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Summary
In times of anthropogenic climate change, refining our understanding of the climate system
is crucial. The ocean is a vital component of the climate system as it covers the majority
of the Earth’s surface and constitutes the largest heat, water, and carbon reservoirs.
Equivalent to atmospheric high and low pressure systems, the ocean exhibits turbulence at
typical length scales of 10–100 km, the ocean mesoscale. This turbulence is most vigorous
near western boundary currents, such as the Gulf Stream, and around the Antarctic
Circumpolar Current and consists of dynamic current filaments and ring-like structures,
so-called mesoscale eddies (for a visualization of these structures, see the snapshot of
surface kinetic energy field at the lower back of this thesis’ cover). These mesoscale features
influence the large-scale ocean mean state, its variability, and its response to forcing. In
this thesis, we investigate the eﬀects of mesoscale turbulence on the large spatial and long
time scale ocean and climate state. Chapter 1 provides the general climate science context
for the research presented in this thesis and formulates the research questions.
Climate models are one of the most important tools of climate science. The most complex
and comprehensive of these models are Earth System Models which can simulate all
climate subsystems and their interactions under a variety of scenarios. In Earth System
Models, the ocean is modelled by dividing it into grid cells between which simulated
water is exchanged. A fine enough ocean grid is needed to resolve the ocean mesoscale;
this is computationally expensive and only with the increased computing power of the
last years has it become feasible to perform century-long climate model simulations with
strongly-eddying oceans. To investigate both the variability and response on multidecadal
time scales, one needs centuries of simulated climate which is one of the unique aspects of
this thesis. Throughout this thesis, we use the Community Earth System Model (CESM)
both with a high-resolution, strongly-eddying and standard-resolution, non-eddying ocean
setup to answer various research questions. Chapter 2 details the model setups and the
simulations used.
One key question of climate science is how – in the absence of human interference – the
climate varies internally. Only when understanding this, one can trust the attribution of
observed climate change to either internal or external, i.e. human, causes. There are many
mechanisms that lead to variability, one of which is chaotic mesoscale turbulence. Ocean
mesoscale variability is associated with time scales of days to months, but can aﬀect much
slower variability on decadal to multidecadal time scales. In Chapter 3, we investigate
the eﬀect that a strongly-eddying ocean model component has on sea surface temperature
patterns of multidecadal variability in the Atlantic, Pacific, and Southern Oceans. We find
that this multidecadal variability is enhanced when compared to the standard-resolution,
non-eddying version of the model. As the models of the latest phase of the Climate Model
Intercomparison Project generally do not employ eddying ocean components, multidecadal
variability may be underestimated in these simulations which are widely used for climate

xii |

change projections. In Chapter 4, we investigate the mechanisms of one particular mode of
multidecadal variability, the Southern Ocean Mode, by looking at the mechanical energy
balances involved. This mode does not appear in the non-eddying model and the energetics
suggest a crucial role for mesoscale eddies and their interaction with the time-average flow
field, suggesting that this form of variability is only possible in strongly-eddying ocean
models.
Another key question is how strongly the climate will change given a certain amount of
greenhouse gas emissions. This knowledge is crucial to set meaningful climate change
mitigation targets. Many climate change impacts are proportional to the change in global
mean surface temperature and Earth System Models provide one way of constraining the
amount of warming per radiative forcing, the so-called climate sensitivity, and understanding the involved mechanisms. In Chapter 6, we compare multiple aspects of the climate
response of the strongly-eddying and non-eddying versions of the CESM including the
climate sensitivity. While we find numerous local diﬀerences, globally-integrated measures
are similar between the simulations and do not immediately suggest systematic diﬀerences.
However, the climate may also react more abruptly to gradually increasing greenhouse gas
concentrations as there are climate subsystems that can change rapidly once pushed beyond
a certain threshold. For example, the current system that brings warm surface water
north in the Atlantic and returns colder waters south at depth, the Atlantic Meridional
Overturning Circulation (AMOC), is susceptible to such a "tipping point" behaviour.
One indicator of whether the AMOC could quickly and irreversibly weaken is the salinity
distribution in the Southern Atlantic. In Chapter 5, we therefore investigate changes
to the Atlantic’s freshwater budget as these can aﬀect the response of the AMOC, i.e.
whether perturbations to its strength lead to its collapse or if it can recover from them.
Our results suggest that, in contrast to the non-eddying model simulation, the AMOC in
the high-resolution simulation may become unstable under a high-emission scenario. This
is primarily due to reduced salinity biases suggesting that non-eddying models may give a
false impression of the stability of the AMOC.
In this thesis, we investigate the variability and response of the simulated climate in the
CESM with strongly-eddying oceans. We find that the high-resolution, strongly-eddying
setup simulates an ocean much closer to observations that also exhibits stronger variability
on long, multidecadal time scales with potentially new forms of variability emerging.
Further, we find local diﬀerences in the response to radiative forcing and, importantly,
that the AMOC may enter an unstable regime in contrast to the standard-resolution,
non-eddying CESM simulation. While the CESM is only one model among a family of
Earth System Models, we expect our findings to generally hold in other models as well.
In addition to the chapters outlined above, this thesis is rounded oﬀ by Chapter 7 that
summarizes the research, addresses the research questions, and provides a critical reflection
of the results.
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Samenvatting in het Nederlands
In tijden van antropogene klimaatverandering is het cruciaal om onze kennis van het klimaatsysteem uit te breiden. De oceaan is een essentieel onderdeel van het klimaatsysteem,
aangezien hij het grootste deel van het aardoppervlak bedekt en de grootste warmte-,
water- en koolstofreservoirs vormt. Vergelijkbaar met atmosferische hoge- en lagedruksystemen, vertoont de oceaan turbulentie op typische lengteschalen van 10–100 km, de
mesoschaal van de oceaan. Deze turbulentie is het hevigst nabij westelijke grensstromen en
rond de Antarctische Circumpolaire Stroom en bestaat uit dynamische stroomfilamenten
en ringachtige structuren, zogenaamde mesoschaal wervels. Deze mesoschaalkenmerken
beïnvloeden ook het gedrag op grote schaal: de gemiddelde toestand van de oceaan, de variabiliteit en de respons/antwoord op forcering. In dit proefschrift onderzoeken we de eﬀecten
van turbulentie op mesoschaal op de oceaan- en klimaattoestand op grote ruimtelijke
en lange tijdschaal. Hoofdstuk 1 geeft de klimaatwetenschappelijke context voor het
onderzoek dat in dit proefschrift wordt gepresenteerd en formuleert de onderzoeksvragen.
Klimaatmodellen zijn een van de belangrijkste instrumenten in de klimaatwetenschap.
De meest complexe en uitgebreide van deze modellen zijn Earth System Models, die alle
klimaatsubsystemen en hun interacties onder verschillende scenario’s kunnen simuleren.
In Earth System Models wordt de oceaan gemodelleerd door deze te verdelen in cellen
waartussen gesimuleerd water wordt uitgewisseld. Er is een voldoende fijn oceaanrooster
nodig om de mesoschaal van de oceaan op te lossen; maar dit kost vel rekentijd. Pas
met de toegenomen rekenkracht van de afgelopen jaren is het mogelijk geworden om
eeuwenlange klimaatmodelsimulaties met sterk wervelende oceanen uit te voeren. Om
zowel de variabiliteit als de respons op tijdschalen van meerdere decennia te onderzoeken,
zijn klimaatsimulaties van meerdere eeuwen lengte nodig, wat een van de unieke aspecten
van dit proefschrift is. In dit proefschrift gebruiken we het Community Earth System
Model (CESM), zowel met een hoge resolutie, sterk wervelende als standaard resolutie,
niet wervelende oceaanopstelling om verschillende onderzoeksvragen te beantwoorden.
Hoofdstuk 2 beschrijft de modelopstellingen en de gebruikte simulaties.
Een belangrijke vraag van de klimaatwetenschap is hoe hoe het klimaat intern varieert,
dus wanneer menselijke verstoringen afwezig zijn. Deze kennis hebben we nodig om te
onderzoeken in hoeverre daadwerkelijk waargenomen klimaatverandering door natuurlijke
variabiliteit of door menselijke invloeden zijn veroorzaakt. Er zijn veel mechanismen die
tot variabiliteit leiden, waaronder chaotische mesoschaalturbulentie. Oceaan mesoschaal
variabiliteit wordt geassocieerd met tijdschalen van dagen tot maanden, maar kan veel
langzamere variabiliteit beïnvloeden op decadale tot multidecadale tijdschalen. In Hoofdstuk 3 onderzoeken we het eﬀect van een sterk wervelende oceaanmodelcomponent op
temperatuurpatronen met multidecadale variabiliteit aan het zeeoppervlak van de Atlantische, Stille en Zuidelijke Oceanen. We vinden dat deze multidecadale variabiliteit sterker is
dan in een modelversie met een lagere resolutie, die dus geen mesoschaal wervels bevat.
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Aangezien de modellen van de laatste fase van het Climate Model Intercomparison Project
over het algemeen geen wervelende oceaancomponenten gebruiken, kan de multidecadale
variabiliteit worden onderschat in deze simulaties, die veel worden gebruikt voor projecties
van klimaatverandering. In Hoofdstuk 4 onderzoeken we de mechanismen van één bepaalde
modus van multidecadale variabiliteit, de Zuidelijke Oceaanmodus, door de mechanische
energiebalans te analyseren. Deze modus komt niet voor in het niet-wervelende model
en de energiebalans suggereert een cruciale rol voor mesoschaal wervels en hun interactie
met het tijdsgemiddelde stromingsveld. Dit zou betekenen dat deze vorm van variabiliteit
alleen mogelijk is in sterk wervelende oceaanmodellen.
Een andere belangrijke vraag is hoe sterk het klimaat zal veranderen bij een bepaalde
hoeveelheid broeikasgasemissies. Deze kennis is cruciaal om klimaatdoelstellingen te
bepalen en ons op de gevolgen van klimaatverandering voor te bereiden. Veel eﬀecten
van klimaatverandering zijn evenredig met de verandering in de wereldgemiddelde oppervlaktetemperatuur en aardsysteemmodellen bieden een manier om de hoeveelheid
opwarming per stralingsforcering, de zogenaamde klimaatgevoeligheid, te bepalen en de
onderliggende mechanismen te begrijpen. In Hoofdstuk 6 vergelijken we meerdere aspecten
van de klimaatrespons van de sterk wervelende en niet-wervelende versies van CESM,
inclusief de klimaatgevoeligheid. Hoewel we tal van lokale verschillen vinden, zijn globaal
geïntegreerde metingen vergelijkbaar tussen de simulaties en suggereren ze niet meteen
systematische verschillen. Het klimaat kan echter op geleidelijk toenemende concentraties
van broeikasgassen ook abrupter reageren, aangezien er klimaatsubsystemen zijn die snel
kunnen veranderen zodra ze een bepaalde drempel overschrijden. Zo is bijvoorbeeld de
Atlantic Meridional Overturning Circulation (AMOC), die warm oppervlaktewater naar
het noorden in de Atlantische Oceaan brengt en koudere wateren op diepte naar het zuiden
terugvoert, gevoelig voor een dergelijk kantelpunt-gedrag. Een indicator voor een snelle en
onomkeerbare afzwakking van de AMOC is de zoutverdeling in de zuidelijke Atlantische
Oceaan. In Hoofdstuk 5 onderzoeken we daarom veranderingen in het zoetwaterbudget van
de Atlantische Oceaan, aangezien deze de reactie van de AMOC kunnen beïnvloeden, d.w.z.
of verstoringen van de AMOC kunnen leiden tot het instorten van de circulatie of dat de
circulatie kan herstellen. Onze resultaten suggereren dat de AMOC in een model zonder
wervels stabiel blijft, maar in de simulatie met hoge resolutie instabiel kan worden onder
een scenario met hoge emissie. Dit is voornamelijk te wijten aan verminderde vooroordelen
over het zoutgehalte, wat suggereert dat niet-wervelende modellen een verkeerde indruk
kunnen geven van de stabiliteit van de AMOC.
In dit proefschrift onderzoeken we de variabiliteit en respons van het gesimuleerde klimaat
in het CESM met sterk wervelende oceanen. We laten zien dat de opstelling met hoge
resolutie, sterk wervelende opstelling een oceaan simuleert die dichter bij waarnemingen
ligt en die een sterkere variabiliteit vertoont op lange, multidecadale tijdschalen met
mogelijk nieuwe vormen van variabiliteit die opkomen. Verder vinden we lokale verschillen
in de reactie op stralingsforcering en, belangrijker nog, dat de AMOC een instabiel regime
kan raken, wat in een CESM-simulatie zonder wervels niet wordt weergegeven. Hoewel
het CESM maar één model is uit een familie van aardsysteemmodellen, verwachten we
dat onze bevindingen over het algemeen ook gelden voor andere modellen. Dit wordt
proefschrift afgerond met Hoofdstuk 7 dat het onderzoek samenvat, de onderzoeksvragen
behandelt en een kritische reflectie geeft op de resultaten.
(Vertaald met hulp van Claudia Wieners en Iris Keizer. Dank jullie wel.)
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Deutsche Zusammenfassung
In Zeiten des menschengemachten Klimawandels ist es von entscheidender Bedeutung,
unser Verständnis des Klimasystems zu verbessern. Der Ozean ist ein wesentlicher Bestandteil des Klimasystems, da er den Großteil der Erdoberfläche bedeckt und die größten
Wärme-, Wasser- und Kohlenstoﬀspeicher darstellt. Ähnlich wie die atmosphärischen
Hoch- und Tiefdrucksysteme weist der Ozean Turbulenzen auf typischen Längenskalen
von 10–100 km auf, der ozeanischen Mesoskala. Diese Turbulenz ist in der Nähe der
westlichen Grenzströme, wie z.B. dem Golfstrom, und um den antarktischen Zirkumpolarstrom am stärksten ausgeprägt und besteht aus dynamischen Strömungsfilamenten und
ringförmigen Strukturen, den sogenannten mesoskaligen Wirbeln (zur Veranschaulichung
dieser Strukturen siehe den Schnappschuss des kinetischen Oberflächenenergiefeldes auf
der unteren Rückseite des Umschlags dieser Arbeit). Diese mesoskaligen Strukturen
beeinflussen den Zustand des Ozeans, seine Variabilität und seine Reaktion auf äußere
Einflüsse wie beispielsweise Treibhausgasemissionen. In dieser Arbeit untersuchen wir die
Auswirkungen von mesoskaliger Turbulenz auf den großräumigen und langfristigen Ozeanund Klimazustand. Kapitel 1 beschreibt den klimawissenschaftlichen Kontext für die in
dieser Arbeit vorgestellten Forschungsarbeiten und formuliert die Forschungsfragen.
Klimamodelle sind eines der wichtigsten Instrumente der Klimawissenschaft. Die komplexesten und umfassendsten dieser Modelle sind Erdsystemmodelle, die alle Teilsysteme des
Klimas und ihre Wechselwirkungen unter einer Vielzahl von Szenarien simulieren können.
In Erdsystemmodellen wird der Ozean modelliert, indem er in Gitterzellen unterteilt wird,
zwischen denen simuliertes Wasser ausgetauscht wird. Um die Mesoskala des Ozeans
aufzulösen, ist ein ausreichend feines Ozeangitter erforderlich; dies ist rechenintensiv, und
erst mit der gestiegenen Rechenleistung der letzten Jahre ist es möglich geworden, jahrhundertelange Klimamodellsimulationen mit stark verwirbelten Ozeanen durchzuführen. Um
sowohl die Variabilität als auch die Reaktion auf Zeitskalen von Jahrzehnten zu untersuchen, benötigt man jahrhundertelange Klimasimulationen, was einer der einzigartigen
Aspekte dieser Arbeit ist. In dieser Arbeit verwenden wir das Community Earth System
Model (CESM) sowohl mit einem hochauflösenden, stark verwirbelnden als auch mit einem
standardauflösenden, nicht verwirbelnden Ozeanmodell, um verschiedene Forschungsfragen
zu beantworten. Kapitel 2 beschreibt die Modelldetails und die Simulationen die in dieser
Arbeit verwendet werden.
Eine Kernfrage der Klimawissenschaft ist, wie das Klima ohne menschliche Einflüsse intern
variiert. Nur wenn man dies versteht, kann man den beobachteten Klimawandel entweder
auf interne oder externe, d. h. menschengemachte, Ursachen zurückführen. Es gibt viele
Mechanismen, die zu Klimavariabilität führen, einer davon ist die chaotische mesoskalige
Turbulenz. Die mesoskalige Variabilität des Ozeans ist mit Zeitskalen von Tagen bis
Monaten verbunden, kann aber auf Zeitskalen von Jahrzehnten eine viel langsamere
Variabilität bewirken. In Kapitel 3 untersuchen wir die Auswirkungen einer stark ver-
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wirbelnden Ozeanmodellkomponente auf die Muster der multidekadischen Variabilität in
der Meeresoberflächentemperatur im Atlantik, Pazifik und Südlichen Ozean. Wir stellen
fest, dass diese multidekadische Variabilität verstärkt wird im Vergleich zur der Version des
Modells mit Standardauflösung, die keine mesoskalige Turbulenz auflöst. Da die Modelle
der jüngsten Phase des Climate Model Intercomparison Project des Weltklimarates in
der Regel keine verwirbelnden Ozeankomponenten verwenden, könnte die multidekadische
Variabilität in diesen Simulationen, die häufig für Prognosen zum Klimawandel verwendet
werden, unterschätzt werden. In Kapitel 4 untersuchen wir die Mechanismen eines bestimmten Modus der multidekadischen Variabilität, des Southern Ocean Modes, indem wir
die beteiligten mechanischen Energiebilanzen näher untersuchen. Dieser Modus taucht in
dem Modell ohne Verwirbelung nicht auf, und die Energiebilanz deutet darauf hin, dass
mesoskalige Wirbel und ihre Interaktion mit dem zeitlich gemittelten Strömungsfeld eine
entscheidende Rolle spielen, was darauf hindeutet, dass diese Form der Variabilität nur in
stark verwirbelnden Ozeanmodellen möglich ist.
Eine weitere Kernfrage ist, wie stark sich das Klima unter bestimmten Treibhausgasemissionen verändern wird. Dieses Wissen ist entscheidend, um sinnvolle Klimaschutzziele
festzulegen. Viele Auswirkungen des Klimawandels sind proportional zur Veränderung der
globalen mittleren Oberflächentemperatur, und Erdsystemmodelle bieten eine Möglichkeit,
das Ausmaß der Erwärmung pro Strahlungsantrieb, die sogenannte Klimasensitivität,
zu bestimmen und die beteiligten Mechanismen zu verstehen. In Kapitel 6 vergleichen
wir mehrere Aspekte der Klimareaktion des Erdsystemmodells CESM mit hoher und mit
niederiger Ozeanauflösung, einschließlich der Klimasensitivität. Während wir zahlreiche
lokale Unterschiede feststellen, sind global integrierten Maße der Klimaveränderung, wie
bspw. die globall gemittelte Temperatur, zwischen den Simulationen ähnlich und lassen
nicht sofort auf systematische Unterschiede schließen. Allerdings kann das Klima auch
abrupter auf allmählich steigende Treibhausgaskonzentrationen reagieren, da es Teilsysteme
des Klimas gibt, die sich schnell verändern können, sobald sie einen bestimmten Schwellenwert überschreiten. Zum Beispiel das Strömungssystem, das warmes Oberflächenwasser im
Atlantik nach Norden bringt und kälteres Wasser in der Tiefe nach Süden zurückführt, die
Atlantische Meridionale Umwälzzirkulation (Atlantic Meridional Overturning Circulation;
AMOC), ist für ein solches "Kipppunkt"-Verhalten anfällig. Ein Indikator dafür, ob sich
die AMOC schnell und irreversibel abschwächen könnte, ist die Salzgehaltverteilung im
Südatlantik. In Kapitel 5 untersuchen wir daher Änderungen im Süßwasserhaushalt des
Atlantiks, da diese die Reaktion der AMOC beeinflussen können, d. h. ob Störungen der
AMOC zu ihrem Zusammenbruch führen oder ob sie sich davon erholen kann. Unsere
Ergebnisse deuten darauf hin, dass die AMOC in der hochauflösenden Simulation im
Gegensatz zur Modellsimulation ohne mesoskalige Turbulenz unter einem Szenario mit
hohen Treibhausgasemissionen instabil werden kann. Dies ist in erster Linie auf geringere
Simulationsfehler in der Salzgehaltverteilung zurückzuführen, was darauf hindeutet, dass
Modelle ohne mesoskalige Wirbel einen falschen Eindruck von der Stabilität der AMOC
vermitteln können.
In dieser Arbeit haben wir die Variabilität und Reaktion des simulierten Klimas im
Erdsystemmmodell CESM mit stark verwirbelnden Ozeanen untersucht. Wir stellen
fest, dass der hochauflösende, stark verwirbelnde Aufbau einen Ozean simuliert, der
dem realen Ozean sehr viel näher kommt und auch eine stärkere Variabilität auf langen
Zeitskalen von Jahrzenten aufweist, wobei möglicherweise sogar neue Variabilitätsmodi

auftreten können. Darüber hinaus finden wir lokale Unterschiede in der Reaktion auf
den Strahlungsantrieb und, bemerkenswerterweise, dass die AMOC im Gegensatz zur
Simulation ohne Verwirbelung in ein instabiles Regime eintreten kann. Obwohl das CESM
nur ein Modell aus einer ganzen Klasse von Erdsystemmodellen ist, gehen wir davon
aus, dass unsere Ergebnisse im Allgemeinen auch für andere Modelle gelten. Zusätzlich
zu den oben genannten Kapiteln wird diese Arbeit durch Kapitel 7 abgerundet, das die
Forschungsergebnisse zusammenfasst, die Forschungsfragen beantwortet und die Ergebnisse
kritisch reflektiert.

1
Introduction
1.1 The climate system
1.1.1 Motivation
Climate sets the stage for life. In particular, Homo Sapiens have adapted to live in most
climate conditions on Earth. While behaviorally modern humans have been around for
some 200,000 years, civilizations only arose in the last 10,000 years during the period of
exceptional climatic stability of the Holocene period (Richerson et al., 2001; Robinson
et al., 2006). With the rise of agriculture, it became vital to observe the local climate, that
is, long-term patterns in the observed weather, in order to predict and act accordingly. In
the middle of the 19th century, the understanding of post-glacial landforms made it clear
that climate had been very diﬀerent in prehistoric times (Agassiz and Bettannier, 1840).
Climate is commonly defined as the 30-year statistics of weather (Stocker et al., 2013)
and life must adapt to not only the mean climate but also to its variability and ideally to
extreme events as well. Today, with global warming from anthropogenic greenhouse gas
emissions underway, studying climate variability and response could not be more relevant.
The ability to adapt to a changing climate depends on the speed, magnitude, and pattern
of change. Much progress in our understanding of the climate system and its dynamics
has been made, but much remains to be discovered.
We observe today’s climate in detail both in-situ and remotely and many such observational
records date back decades. Reconstructions of surface temperature with global coverage
are available as far back as 1850 (e.g. Rayner et al. (2003) and Morice et al. (2021)) and
there are few valuable location-specific time series that extend several centuries into the
past. These include the Central England Temperature record (the longest existing time
series of daily temperatures starting in 1659; Manley (1953) and Parker et al. (1992)) and
notes of a Japanese lake’s ice annual melt onset dates (which has been kept since 1443;
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Sharma et al. (2016)). It is insightful to learn about the past climate of the Earth, not least
to validate our understanding and strengthen trust in projections of future climate change
(Tierney et al., 2020). We can infer the state of the climate prior to the observational
record from a multitude of so-called proxy records. Such records do not directly measure
the quantities of interest, like temperature or precipitation, but rather quantities that are
related to them via a physical or biogeochemical process. For the more recent past, many
proxy records exist, including tree rings or speleothem cave records. Looking deeper into
the past, ice cores record the deuterium isotope ratio D for hundreds of thousands of
years while deep sea sediment records the oxygen isotope ratio 18O for tens of millions of
years. Both of these are linked to both the global mean temperature and the ice volume
through isotopic fractionation and can thus act as a palaeo-thermometer.
Figure 1.1 shows the Earth’s Cenozoic climate history beginning 65 million years ago when
a meteorite impact in the Yucatan peninsula brought about the extinction of non-avian
dinosaurs. Panel (a) shows the full time series, which displays an overall cooling trend
after the Early Eocene Climatic Optimum some 52 million years ago as carbon dioxide
was slowly drawn out of the atmosphere due to chemical weathering reactions (Raymo
and Ruddiman, 1992; Zachos et al., 2001; Westerhold et al., 2020). However, the trend is
neither linear nor monotonous, and abrupt transitions are visible, e.g. 34 million years
ago at the onset of Antarctic glaciation and the opening of the Drake Passage. The
Northern Hemisphere ice sheets, of which currently only the Greenland Ice Sheet remains,
started forming some 3.6 millions years ago (Mudelsee and Raymo, 2005). Panel (b)
zooms into the ice core records of the last 800,000 years which are marked by strong
glacial-interglacial variability (Laurent et al., 2004; Jouzel et al., 2007). Slow glaciations
followed by rapid deglaciations have occurred approximately every 100,000 years and
some interglacial periods have been warmer than our current one, providing analogs for
future warming. The last glacial maximum was some 20,000 years ago. Panel (c) shows a
temperature reconstruction of the Common Era (Neukom et al., 2019), which has seen
remarkably stable global mean temperatures. This global mean surface temperature
(GMST) reconstruction combines many terrestrial and marine proxies (Neukom et al.,
2019). Panel (d) shows the GMST record of the industrial era (from 1850 CE) where
direct temperature observations are available. The GMST comprises ‘natural’ climate
variability and the warming signal resulting from anthropogenic greenhouse gas emissions.
The last two time series (c/d) show multidecadal to centennial variability and cooling
responses to major volcanic eruptions. On all time scales, the surface temperature varies,
in some instances quasi-periodically, and rapid transitions can occur sporadically.

1.1.2 The large-scale circulation
The atmosphere and the oceans are interacting fluid layers which are relatively thin
compared to their horizontal extent. Earth’s spherical nature leads to an equator-to-pole
gradient of incoming solar energy which is the ultimate cause of large-scale atmosphere
and ocean flow. The Earth’s rotation gives rise to fictitious forces due to the non-inertial
reference frame. Together, the diﬀerential heating at the surface and the rotation result in
a large-scale atmospheric circulation that is characterized by three cells per hemisphere
which span the globe zonally. These cells are mirrored about the equator and are marked
by easterly trade winds in the tropics, the westerly winds of the mid-latitudes, and the
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Figure 1.1: The climate history of the Earth exhibiting variability on all shown time scales. (a)
The Cenozoic 18O temperature proxy (Westerhold et al., 2020), both millennial-scale binned
data points (green dots) and the long term 1 Ma (million years) LOESS filtered time series (green
line). The 18O range corresponds to a Global Mean Surface Temperature (GMST) diﬀerence of
some 15 K (Hansen et al., 2013). The Antarctic ice sheet started forming some 34 Ma BP (before
present), while the Northern Hemisphere (NH) started glaciating some 2.7 3.7 Ma BP. (b) The
Antarctic temperature based on the D proxy of the EPICA ice core covering the last 8 glacial
cycles, each about 100 ka (thousand years; Jouzel et al. (2007)). (c) The modelled GMST of the
Common Era (CE) based on many marine and terrestrial proxies (Neukom et al., 2019). Shading
indicates 90% ensemble uncertainty. (d) The 12-month running mean of the monthly HadCRUT
observed GMST anomalies relative to 1961-1990 (Morice et al., 2021). Orange triangles show
major volcanic eruptions (volcanic explosivity index 6) in the Common Era (some with dating
uncertainties up to 200 years). The industrial era eruptions in (d) are: Krakatoa 1883, Santa
Maria 1902, Novarupta 1912, Pinatubo 1991.
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easterly polar cell. The zonally-averaged surface zonal wind velocity is shown in Fig. 1.2b.
The atmospheric circulation is aﬀected by atmosphere–ocean exchanges of mass and energy
above the sea. For example, water exchanges at the sea surface aﬀect both the atmosphere
and ocean by changing the density in both. In a warming world, the atmosphere can hold
more moisture, generally making dry regions drier and wet regions wetter.

Figure 1.2: The wind-driven ocean circulation. (a) A one-day average horizontal velocity field
at 90 m depth in the GLORYS12 reanalysis which uses the 1/12° NEMO model to assimilate
ocean observations (Lellouche et al., 2021). The velocities reveal strong narrow western boundary
currents (e.g. the Kurushio and the Gulf Stream), the Antarctic Circumpolar Current, strong
equatorial currents, and the ubiquity of mesoscale eddies. Major ocean currents are indicated by
red arrows carry heat poleward while blue arrows show cold currents. In combination with the
yellow zonal currents, these comprise the subtropical and subpolar gyres. Parts of the continental
shelves are shallower than 90 m and cavities underneath ice shelves are not resolved. Parallels
and meridians are drawn every 30° and 60°, respectively, and the green line at 30°W indicates the
section shown in Fig. 1.3. (b) The zonally-averaged 10 m zonal wind velocity of the 1990-2019
ERA5 climatology (Hersbach et al., 2020) illustrating the mid-latitude westerlies and the tropical
easterly trade winds, which drive the horizontal ocean circulation.

The global ocean circulation is confined vertically by density stratification and horizontally by rotation. Ocean circulation features can be categorized by their typical length
scales. Generally, one diﬀerentiates between the basin scale (with typical length scales
of ⇠ 10,000 km set by the continental geometry; arrows in Fig. 1.2a), the mesoscale
(⇠ 10 100 km with largely horizontal flow characterized by the Rossby radius; scale
of the filaments and eddies in Fig. 1.2a), the submesoscale (⇠ 1 km with appreciable
vertical flow components in addition to horizontal flow), and the microscale (< 1 m where
viscous dissipation becomes relevant). On the basin scale, two types of circulations are
distinguished: the horizontal wind-driven gyre circulation (arrows in Fig. 1.2a) and the
density-driven overturning circulation (the Atlantic overturning, arrows in Fig. 1.3e). The
wind-driven subtropical and subpolar gyres exist because of changes in the predominant
zonal wind direction. The resulting horizontal wind-driven circulation is limited to the
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upper few hundred meters of the ocean. The basic dynamics are captured by the so-called
Sverdrup balance in which vorticity input by the wind is compensated by meridional
movement of water along a planetary vorticity gradient (Sverdrup and Munk, 1946). For
mass conservation, intense western boundary currents such as the Gulf Stream or the
Kurushio current compensate the mass transport of the Sverdrup flow (Stommel, 1948;
Munk, 1950).
Meridional ocean flows transport heat. Poleward advection of surface waters leads to an
increase in their density due to cooling (Fig. 1.3a) and evaporation (Fig. 1.3b) until some of
the waters can sink at high latitudes if the water column becomes unstable. This vertical
circulation of water is called the overturning circulation and ensures the ventilation of the
abyss. This overturning circulation was first inferred in 1798 after measurements of deep
tropical waters found unexpected cold temperatures that must have originated at high
latitudes (Ellis, 1751; Rumford, 1798). The two main areas of deep water formation are the
North Atlantic, specifically the Nordic and Labrador Seas, and waters around Antarctica.
Here, North Atlantic Deep Water (NADW) and Antarctic Bottom Water (AABW) are
formed, respectively. In the interior of the ocean, the dense water masses mix with less
dense water and gradually move upward. At the surface, where wind stress imparts
momentum into the ocean (Fig. 1.2b), the Coriolis eﬀect causes the vertically-integrated
volume flux to be orthogonal to the wind stress, the so-called Ekman transport. Along
some coasts and in the Southern Ocean, divergence of this horizontal transport leads to
upwelling which returns deep waters to the surface (e.g. the upward branch of NADW in
the Southern Ocean in Fig. 1.3).
The Atlantic Meridional Overturning Circulation (AMOC) comprises warm, northwardflowing Atlantic surface waters and and cold, southward flowing NADW at depth, which
results in net northward heat transport. The heat transport is responsible for the relatively
warm northern European climate and any changes therein would be very consequential for
society (Jackson and Vellinga, 2013). The buoyancy forcing, namely freshwater and heat
fluxes, determines the overturning strength by controlling the amount of sinking in the
North Atlantic. A minimal model of the AMOC showed that two diﬀerent states can exist
under the same buoyancy forcing (Stommel, 1961), referred to as ‘on’ and ‘oﬀ’ states,
respectively. Whether the AMOC is in such a bistable regime, where it can potentially
switch ‘oﬀ’ from the current ‘on’ state, depends on the so-called salt-advection feedback.
This AMOC feedback depends on the sign of the freshwater convergence by the AMOC
(Rahmstorf, 1996). If the AMOC imports freshwater then any AMOC strengthening will
be damped by additional freshwater in the sinking region. If, on the other hand, the
AMOC exports freshwater, the opposite occurs and initial perturbations will be amplified.
Evidence from Greenland ice cores shows repeated extreme temperature fluctuations during
the last glacial period (Dansgaard et al., 1993) that are thought to have been caused
by substantial weakening of the AMOC. A shutting down of the AMOC in the coming
century is deemed very unlikely in the latest assessment report of the Intergovernmental
Panel on Climate Change (IPCC), while a weakening with climate change is a robust
model response. Observed surface temperature fingerprints appear to show a weakening
(Caesar et al., 2018), but analyses of water mass variability show no significant trends
(Worthington et al., 2021). Whether the AMOC bistability is correctly represented in
today’s climate models remains subject to debate (Gent, 2018).
The Southern Ocean plays a crucial role in the global ocean circulation in that it connects
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Figure 1.3: The Atlantic surface fluxes of heat and freshwater, water mass properties, and
meridional overturning circulation. Data is shown along the 30°W section (indicated by a green
line in Fig. 1.2a) from the year 2020 of the GODAS reanalysis (Behringer and Xue, 2004). The
surface fluxes of heat (a) and freshwater (b), shown both at 30°W and zonally integrated over the
world’s oceans, change the surface temperature and salinity, respectively. The temperature (c)
and salinity fields (d) establish the density field (e). Diﬀerent water masses can be distinguished
by their temperature–salinity values (AAIW: Antarctic Intermediate Waters, NADW: North
Atlantic Deep Water, AABW: Antarctic Bottom Water), their density diﬀerences drive the
Atlantic Meridional Overturning Circulation (arrows).
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the other major ocean basins (Fig. 1.2a). It is the only ocean that is zonally continuous
and consequently, the Sverdrup balance cannot hold and the kinetic energy input by the
wind must be balanced by bottom drag. The strong westerly winds drive the Antarctic
Circumpolar Current and Ekman divergence. North Atlantic Deep Water is pulled up to
the surface by this Ekman divergence and is ventilated after being submerged for hundreds
of years (Fig. 1.3e). On the continental shelf, brine rejection during sea-ice formation in
coastal polynyas leads to the formation of AABW which is the densest water mass in the
ocean. Polynyas also occur in the open ocean; this has been observed infrequently near
Maud Rise around the null meridian. Static instability of the water column, where lighter
water masses are underneath denser ones, triggers local convection which releases heat
from the ocean. The Southern Ocean mitigates current climate change from anthropogenic
greenhouse gas emissions by taking up most of the excess heat and a large fraction of
CO2 (Stocker et al., 2013). In contrast to the rapidly warming Arctic with its decline in
sea ice, the Antarctic sea ice has not (yet) significantly declined over the past decades in
spite of rising greenhouse gas concentrations. This may, in part, be due to the presence of
Southern Ocean multidecadal variability (Simpkins et al., 2013; Zhang et al., 2019a).

1.1.3 Physics of the climate system
The ocean plays a central role in the climate system, as it exchanges energy and mass with
the other climate system components, predominantly the atmosphere. In this thesis, we
consider three forms of energy: kinetic, potential, and thermal. The kinetic and potential
energy are functions of velocity and vertical mass distribution, respectively, and can be
approximated as:
Z
⇢
K=
~uh · ~uh dV,
(1.1)
2
Z
g
1
P =
(⇢ ⇢ref )2 dV,
(1.2)
2
n0
where ⇢ is the potential density of seawater and ⇢0 its average, ~uh is the horizontal,
two-dimensional velocity, g the gravitational acceleration, ⇢ref = ⇢ref (z) a reference
potential density profile, and n0 its vertical gradient, and dV a volume element. The
reference potential density profile is not uniquely defined in the real ocean, but a good
working definition is the stably-stratified profile resulting from averaging the global density
distribution horizontally. Potential energy may be converted to kinetic energy and vice
versa. A diﬀerence in velocity at the ocean-atmosphere interface transfers momentum;
globally-integrated wind stress adds kinetic energy to the ocean (Fig. 1.2b). Heat and
freshwater fluxes alter the density of the ocean surface and hence generate or dissipate
potential energy (Fig. 1.3a/b). Together, the reservoirs of kinetic and potential energy,
their generation and dissipation, as well as the conversion between reservoirs form the
mechanical Lorenz Energy Cycle (Lorenz, 1955).
Heat is exchanged between the atmosphere and ocean through sensible and latent heat
fluxes as well as radiative fluxes. The heat capacity of the ocean is much larger than that
of the atmosphere. The ocean heat content (OHC) is defined as a volume integral
Z
OHC = cp ⇢ ✓ dV,
(1.3)
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where cp = 4000 J kg 1 K 1 is the specific heat capacity of ocean water, ⇢ the density, and
✓ = ✓(x, y, z, t) the spatio-temporal potential temperature field. Monitoring the ocean
heat content is crucial for understanding the Earth’s energy imbalance because the heat
capacity of the ocean is much larger than that of the atmosphere. Even small deviations in
ocean-atmosphere heat fluxes can alter the atmospheric temperature significantly. Changes
in the OHC is measured in many ways: most obviously through in-situ temperature
measurements, but also through sea-level change from thermal expansion, through ocean
tomography via changes to the speed of sound (Munk et al., 2009), through changes to
the Earth’s magnetic field (Petereit et al., 2019; Trossman and Tyler, 2019), or through
changes in the isotopic and elemental composition of noble gases in ice cores (Headly and
Severinghaus, 2007; Winckler and Severinghaus, 2013). While changes to the globallyintegrated OHC have an impact on the global energy imbalance (Hansen et al., 2011),
transport of heat by the ocean is also important locally, for example, for the melting of ice
shelves (Rignot et al., 2013).
Apart from energy, the ocean exchanges mass with the other climate system components.
In this thesis, we investigate the ocean freshwater budget because of its relevance to the
AMOC stability. The ocean freshwater budget includes exchange with the atmosphere
through precipitation and evaporation as well as runoﬀ from the land and ice sheets (which
also discharge initially solid freshwater as icebergs). Freshwater is also transported as sea
ice which is less saline than seawater. Oceanic freshwater is defined as a salinity anomaly
with respect to a reference salinity:
F =

1
(S
S0

S0 ) .

(1.4)

In this thesis, we chose S0 = 35 as this is the section-averaged salinity in the Atlantic at
34°S. However, due to the non-unique choice of the reference salinity S0 , ocean freshwater
is not well-defined (Schauer and Losch, 2019), but it is useful in the context of AMOC
stability studies.

1.1.4 Mesoscale turbulence
The large-scale picture of wind-driven gyres and buoyancy-driven overturning circulation
evoked above is one of laminar flow. However, observations reveal that ocean kinetic
energy does not peak at the basin scale, but rather at a scale characterized by the first
baroclinic Rossby radius of deformation, due to the ubiquity of mesoscale eddies. This
length scale, the Rossby radius for brevity, can be approximated suﬃciently far away from
the equator as (Chelton et al., 1998):
Z 0
1
LD =
N (z) dz,
(1.5)
⇡|f | H
where f is the Coriolis frequency, H the depth of the ocean, and z the vertical coordinate.
The buoyancy frequency, N (z) = ( g/⇢0 @⇢(z)/@z)1/2 , depends on the vertical density
stratification. Beyond the continental shelves, LD is approximately 10 100 km. On
this horizontal scale, the mesoscale, the flow is quasi-geostrophic and the turbulence
two-dimensional. Coherent eddy structures have small aspect ratios, i.e. have much larger
horizontal than vertical scales, and can last anywhere from weeks to months (Chelton
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et al., 2007). Most eddy activity is located near major current systems, such as the western
boundary currents like the Gulf Stream, and in the Antarctic Circumpolar Current (see
Fig. 1.2; Ducet et al. (2000) and Frenger et al. (2015)). Mesoscale eddies have numerous
eﬀects on the general ocean circulation (McWilliams, 2008). They influence the horizontal
mixing of flow tracers like temperature or salinity which, in turn, aﬀect the mean flow.
These water properties can also be transported over large distances in coherent eddies, for
example in the Agulhas rings (Biastoch et al., 2008; Beal et al., 2011). The mean flow is
also altered by eddies through rectification and restratification (Couvelard et al., 2015;
Dufour et al., 2017). Also, atmosphere–ocean interactions are aﬀected by eddies and the
mesoscale variability of sea surface conditions is necessary to correctly simulate air–sea
interactions (Kirtman et al., 2012; Roberts et al., 2017).
But how is this mesoscale turbulence generated? The atmosphere largely forces basin-scale
ocean flows, but these are unstable to perturbations which grow by extracting energy from
the large-scale mean flow. Stability analysis gauges whether a flow will dampen or amplify
perturbations. In particular, linear stability analysis imposes infinitesimal perturbations
of diﬀerent wavelengths and investigates the response of the linearized system. Once
the perturbations reach a certain size, they alter the background flow field suﬃciently
and non-linear eﬀects become important. There are many mechanisms of flow instability
(Drazin and Reid, 2004); for the generation of mesoscale ocean flows, the barotropic and
baroclinic instabilities are the most important ones. The barotropic instability is a form of
inertial instability where kinetic energy of the mean flow is transferred to perturbations. It
is similar to the Kelvin-Helmholtz instability which is also a shear instability but features
discontinuous velocities. A prototypical setting for demonstrating this instability is a
jet in two-dimensional flow where perturbations can feed oﬀ the shear on either side of
the jet and grow. Baroclinic instability converts potential energy of the mean state into
kinetic energy of perturbations. Potential energy is present when the density gradient is
not aligned with the gravitational acceleration everywhere, i.e. baroclinic instability arises
when isopycnals, surfaces of equal density, and isobars, surface of equal pressure, are not
aligned. Such a situation can be created with spatially varying surface buoyancy forcing
as is the case in the ocean.
Mesoscale baroclinic eddies can only be simulated once the eﬀective ocean model grid
size can resolve the first baroclinic Rossby radius of deformation (Hallberg, 2013). Ocean
models with a grid spacing of 0.25° are referred to as "eddy-permitting" as they only
resolve the Rossby radius in the lower latitudes. We call a grid spacing of 0.1°, which we
are using throughout this thesis, "strongly eddying" as the Rossby radius is resolved in
large parts of the ocean, but not all mesoscale turbulence is fully resolved. These eddying
models simulate currents much better than their non-eddying counterparts. Western
boundary currents, such as the Gulf Stream and Kurushio, and their separation points,
are only simulated well in eddying models (Chassignet and Xu, 2017). Other boundary
currents, like the West Greenland Current (Chanut et al., 2008) or the Antarctic Slope
Current (Lockwood et al., 2021), as well as the retroflection of the Agulhas current, are
also only resolved in eddying models. The shedding of Agulhas rings into the Atlantic
is an important non-local eddy eﬀect as it contributes to the upper limb of the AMOC
(Biastoch et al., 2008; Beal et al., 2011). However, to globally resolve the Rossby radius is
computationally expensive and so most models participating in the most recent iteration of
the Coupled Model Intercomparison Project (CMIP6) use a coarse 1° ocean grid. Instead

1

10 |

1

Chapter 1 – Introduction

of directly simulating mesoscale eﬀects, eddy parameterizations have to be used, and
commonly a form of the Gent-McWilliams scheme is adopted (Gent and McWilliams,
1990).
Analyzing the eﬀects of mesoscale eddies requires the separation of eddy features from the
mean flow. There are several ways to achieve this: for example, one can filter spatially
by wave number based on the characteristic length scales of eddy features (e.g. Viebahn
et al. (2019)), or one can analyze the frequency domain by looking at spectral interactions
(e.g. Arbic et al. (2014)). To investigate the energetics associated with eddies, we employ
the eddy–mean decomposition in time:
qr = q̄r̄ + q 0 r0 ,

(1.6)

where q and r are scalar variables, bars represent temporal averages, and dashes deviations
from (fluctuations around) these averages. The three terms represent the total, the mean,
and the eddy components, respectively. The eddy term is inaccessible from the timeaveraged model output, but can be calculated from the diﬀerence of the total and mean
quantities. The length of temporal averaging is chosen longer than the lifetime of eddies
so as to isolate eddy eﬀects in the eddy term. For example, q and r may be the velocity
components in Eq. 1.1 or the density in Eq. 1.2, such that the energy cycle is decomposed
into mean and eddy components (von Storch et al., 2012).

1.1.5 Modeling the climate system
As the climate system does not lend itself to laboratory or in-situ experiments, scientific
inquiry is based on a hierarchy of models. These models vary considerably in the number
and kind of processes they describe and in the spatial and temporal scales they resolve. On
one end of the hierarchy are conceptual models which enable a thorough understanding of
isolated phenomena. The simplest model of the global mean surface temperature considers
only the energy balance in steady-state, disregarding spatial dimensions (Budyko, 1969;
Sellers, 1969). From such simple models one can, for example, deduce the significance
of greenhouse gases, which are opaque to longwave radiation, in determining the global
mean surface temperature. With a temperature-dependent albedo, mimicking the higher
albedo of snow and ice at cold temperatures, this model can create a bistable climate:
the Snowball Earth and Hothouse Earth can both exist at the same insolation. On the
other end of the model hierarchy are highly-complex Earth System Models which couple
many models of individual climate system domains. Numerical Weather Prediction models
solve the so-called primitive equations (a set of nonlinear partial diﬀerential equations
describing the conservation of mass, momentum, and heat) for the atmosphere; ocean
general circulation models work in much the same way. Models of the land surface simulate
vegetation and route rivers to the sea and models of sea ice simulate its formation and
transport. In this thesis, we use one such coupled model, the Community Earth System
Model (CESM), which couples atmosphere, ocean, land, and sea ice models. We employ
both non-eddying and strongly-eddying CESM setups to investigate the eﬀects of explicitly
simulating eddies on the climate system.
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Figure 1.4: Spectrum of surface temperature variability related to diﬀerent Earth system
components (colored curves). The forcings in the top part of the figure, including oscillatory
orbital changes and irregular events, elicit responses by the diﬀerent climate system components
at diﬀerent time scales. For example, the oceans vary strongly on the annual time scale but
respond little to the diurnal cycle because of their large heat capacity. The large cryosphere peak
at 100,000 years corresponds to the glacial cycles in Fig. 1.1b. In addition, modes of internal
variability exist as broader peaks. From von der Heydt et al. (2021), used under its Creative
Commons Attribution license.
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The surface temperature of the Earth varies on time scales from seconds to billions of years.
Figure 1.4 shows an impression of the spectrum of variability of the surface temperature.
This variability is assigned to the various climate system components, each with their own
range of characteristic time scales. The figure also includes oscillatory orbital forcing, both
diurnal and annual oscillations of the Earth’s orbit as well as precession, obliquity, and
eccentricity changes to the orbit itself. Volcanoes, meteorite impact events, and insolation
variability are forcings without a specific frequency. These forcings and anthropogenic
greenhouse gas emissions are considered external to the climate system and provoke a
(non-linear) response which can be seen as spectral peaks. For example, the atmosphere
reacts strongly to the diurnal and annual cycles, while the cryosphere responds to slow
changes in Earth’s orbital parameters (Milankovitch, 1941).
Apart from externally forced variability, there is also variability internal to the climate,
which arises from a range of processes. Some of this internal variability is simply a response
of two interacting systems with inherently diﬀerent response time scales, for example, the
ocean and atmosphere coupled through heat fluxes. The ocean integrates atmospheric
white noise fluxes, i.e. those with approximately equal spectral energy at all frequencies,
which results in increased variability at low frequencies, so-called red noise (Hasselmann,
1976). Figure 1.4 illustrates the nearly white temperature variability spectrum of the
atmosphere (at frequencies between the monthly and daily time scales) and the enhanced
spectral power of lower frequencies in the ocean. More intricate are modes of variability
that involve positive feedback mechanisms. There may also be (non)-normal modes present
due to feedbacks in the system. They may need to be excited by noise, or they may
oscillate unforced and can be modulated by noise (Dijkstra, 2016). An example of the
latter is the El Niño-Southern Oscillation (ENSO) located in the tropical Pacific, the
largest mode of interannual climate variability with its associated peaks in the ocean and
atmosphere spectra of Fig.1.4, which results from complex atmosphere–ocean feedbacks.
Slower modes of variability also exist and can often be associated with broader increases in
ocean spectral power above the background, for example, see the peaks in Fig 1.4 between
decadal and centennial time scales.

1.2.1 Modes of multidecadal variability
Several modes of multidecadal variability (MV) with a coherent large-scale sea surface
temperature (SST) expression have been identified in the observational record (Deser
et al., 2010). The two most-studied modes are the Atlantic Multidecadal Variability
(AMV) and the Pacific Decadal Oscillation (PDO), both marked in the oceanic spectrum
of Fig 1.4. These modes influence many aspects of the climate system, amongst which the
ocean heat uptake and hence the Earth’s energy imbalance (Trenberth and Shea, 2006;
Dijkstra, 2013; Zhang and Wang, 2013; Frajka-Williams et al., 2017). Proxy data reveals
imprints of this MV on the GMST over the Common Era (see Fig. 1.1c; (Neukom et al.,
2019)). An analysis of the non-eddying CMIP5 models shows that they underestimate
multidecadal climate variability (Cheung et al., 2017; Mann et al., 2020). Understanding
the magnitude as well as the spatial and spectral properties of these relatively slow modes
of internal variability is crucial for both predictability as well as attribution studies that
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aim to distinguish human-induced climate change from natural climate variability (Hegerl
and Zwiers, 2011; Bindoﬀ et al., 2013; Zhang et al., 2019a; Deser et al., 2020).
In the North Atlantic, SSTs were found to vary slowly on top of a steady warming trend
(Folland et al., 1984; Kushnir, 1994; Schlesinger and Ramankutty, 1994), and ice-core
proxy data reveals North Atlantic climate variability with a periodicity of around 50 year
(significant above a red noise null hypothesis; Chylek et al. (2011)). The detrended
and low-pass filtered North Atlantic area-averaged SST serves as an index of the AMV
(Fig. 1.5a; the index area is outlined in Fig. 1.5b). The time series shows that recent warm
periods occurred from the 1930s to the 1960s and from 1995 up to present day, whereas
prior to 1930 and during the 1970s to the mid-1990s the North Atlantic surface ocean
was relatively cold. Regressing the SSTs onto the AMV index reveals the typical AMV
horseshoe shaped pattern with a maximum south of Greenland and a subtropical lobe in
the East and South of the North Atlantic subtropical gyre (Fig. 1.5b). The AMV SST
changes aﬀect society through, for example, changes in rainfall patterns with associated
drought conditions (Sutton and Hodson, 2005; McCabe and Palecki, 2006; Delworth et al.,
2015), temperature extremes (Ruprich-Robert et al., 2018), and hurricane activity (Zhang
and Delworth, 2006). The AMV is linked to AMOC MV which may be the result of thermal
Rossby waves (Delworth et al., 1993; Te Raa and Dijkstra, 2002; Zhang et al., 2019b).
Challenges to our understanding of the AMV include the relatively short observational
record and the fact that the radiative forcing over the North Atlantic is influenced not
only by greenhouse gases but also (anthropogenic) aerosols and volcanic eruption.
The North Pacific SSTs also exhibit large-scale MV: Mantua et al. (1997) showed a
correlation between the principal component of the leading empirical orthogonal function
of North Pacific SSTs to ecosystem productivity. In Fig. 1.5c/d we show both the HadISST
PDO time series and the regression pattern which shows a strong cold anomaly in the
central and western North Pacific with warm anomalies surrounding it. We use Pacific
SSTs north of 20°N (outlined in Fig. 1.5d), but indices exists that include more of the
Pacific with similar spectral characteristics to the PDO Power et al. (1999) and Henley
et al. (2015) The PDO is the result of several mechanisms: atmospheric forcing, including
variability in the Aleutian Low and low-frequency tropical variability, ocean thermal
inertia, and low-frequency changes in the Kurushio-Oyashio western boundary current
extension (see Fig. 1.2a for these location; Newman et al. (2016)). The negative PDO in
the early 2000s is related to the temporary slowing down of global anthropogenic warming
(Kosaka and Xie, 2013).
Multidecadal variability in the Southern Ocean is hard to quantify due to the sparsity of
data prior to satellite observations. Sea-ice records show signs of MV (Simpkins et al.,
2013), and there is evidence that MV of convection plays a crucial role in the insignificant
observed trends in Antarctic sea ice extent for which CMIP5 models predicted a decline
(Zhang et al., 2019a). The Antarctic Circumpolar Current accommodates abundant
mesoscale turbulence, and there are several mechanisms by which mesoscale eddies can
cause or contribute to MV. Resolving eddies may therefore trigger or improve the simulation
of MV. In fact, one ocean model exhibits Southern Ocean MV in its strongly-eddying
setup, but not in the non-eddying, but similarly forced setup (Le Bars et al., 2016). These
specific results motivate the selection of an SST average index area north of the ACC in
the Atlantic sector of the Southern Ocean (outlined in Fig. 1.5f). This Southern Ocean
Mode is hypothesized to arise from the interaction of mesoscale eddies with the mean
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Figure 1.5: Time series and regression patterns of three modes of multidecadal variability: the
Atlantic Multidecadal Variability (AMV; a/b), the Pacific Decadal Oscillation (PDO; c/d), and
the Southern Ocean Mode (SOM; e/f). The reconstructed Sea Surface Temperatures (SSTs)
of the HadISST dataset (Rayner et al., 2003) are first de-seasonalized and detrended. Using
the outlined regions, the AMV and SOM indices are the area-averaged anomalies (in units of
temperature), while the PDO index is the principal component of the leading empirical orthogonal
function (which is dimensionless); all time series are 13-year low-pass filtered. The maps show the
regression of SST on the index time series. Regions of insignificant correlations at the 95% level
are hatched;correlations outside the hemispheres shown here are largely insignificant. Global
maps as well as details of the detrending and significance test methods can be found in Chapter 3.
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flow, a mechanism Hogg and Blundell (2006) proposed based on a mode of MV in a
simpler model of the Southern Ocean and analysed with a mechanical energy analysis
framework. The regression pattern of the SOM index shows strong positive anomalies
across much of the Southern Ocean, with the exception of negative anomalies in the
Bellingshausen Sea. The extent of significant correlations is reduced in alternative SST
products, namely COBE and ERSST (Hirahara et al., 2014; Huang et al., 2017), but the
negative SOM index trend of the recent decades is a robust signal. This signal and its
associated negative SSTs trends over much of the Southern Ocean, likely counteracts the
anthropogenic warming expected without internal variability (Zhang et al., 2019a), which
in turn implies accelerated warming of the Southern Ocean in a reversed SOM phase.

1.3 Climate change and response
1.3.1 Climate response to forcing
When the climate system is subjected to external forcing, say, to an increase in insolation
or in greenhouse gas concentrations, it will adjust to a new, possibly non-unique, statistical
equilibrium. The equilibration process occurs via many diﬀerent mechanisms in all climate
subsystems and at very diﬀerent rates. For example, while the water vapor content of the
atmosphere increases within days of warming, ice sheets take tens of thousands of years to
adjust to a new atmospheric equilibrium temperature (Fig. 1.4). Because the real-world
forcings constantly change, not least because of orbital mechanics, the climate is never
truly equilibrated. Nonetheless, the amount of warming for a given change in greenhouse
gas concentrations is very important, not least for providing one way to translate political
temperature targets to carbon emission budgets. Various measures of climate sensitivity
quantify the magnitude of the climate response to a change in forcing, detailed below.
Feedback mechanisms, or simply feedbacks, either amplify or dampen initial perturbations
and there is a multitude of feedbacks in the climate system. For example, the Planck
feedback is negative as any temperature increase results in a strong increase in emission of
energy via thermal radiation which decreases the temperature and vice versa. The water
vapor feedback, on the other hand, is positive as a warmer atmosphere can hold more
water vapor which is opaque to longwave radiation, i.e. it acts as a greenhouse gas, and
thus causes more warming. Diﬀerent feedbacks also operate on vastly diﬀerent time scales:
the radiative feedback is practically instantaneous, while changes to the carbon cycle can
take millennia or more. Some feedbacks, like the Planck feedback with its simple physics,
are better constrained than others, like cloud feedbacks with their complex and highly
non-linear processes. Most feedbacks are state-dependent and some can change their sign.

1.3.2 Climate sensitivity
Three measures of the climate response to forcing are commonly used. The Equilibrium
Climate Sensitivity (ECS) is the response of the global mean surface temperature (GMST)
to a doubling of CO2 , equivalent to a radiative forcing of 3.7 W m 2 , after equilibration
(Knutti and Hegerl, 2008). The ECS is useful, in part because it correlates well with
21st-century warming, especially under strong emission scenarios (Sherwood et al., 2020).
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The Transient Climate Response (TCR) measures the response concurrent to a prescribed
non-stationary forcing. Commonly, one uses the warming after 70 years in a 1% per year
increase of CO2 experiment when the original CO2 concentration has doubled. The TCR
is smaller than ECS because the ocean responds slowly in taking up heat. By convention,
these sensitivity measures consider only the fast feedbacks with typical time scales of a
hundred years or less. With this cutoﬀ time scale, deep ocean equilibration and most
carbon-cycle processes are not considered. Finally, the Earth System Sensitivity is the
GMST response after equilibration of very slow feedbacks including the carbon cycle and
the ice sheets, and–as a concept–is mostly used in palaeoclimate studies.
While climate sensitivity was first calculated with climate models to compare them with a
single metric (Charney et al., 1979), there are now essentially three (mostly) independent
ways to estimate climate sensitivity: palaeo reconstructions, historical observations,
and model studies. Estimates of palaeo temperatures and forcing, each with their own
uncertainties, are considered to be nearly equilibrated as strong and rapidly varying
external forcing is generally absent. The climate sensitivity can thus be estimated by
comparing diﬀerent times in the past. However, the palaeo climate sensitivity estimates
are not perfect analogs for today as climate sensitivity is dependent on the climate state
itself, for example due to the presence or absence of sea ice with its associated feedbacks
(von der Heydt and Ashwin, 2017; Farnsworth et al., 2019). Historical observations of the
GMST and estimates of the forcing in the industrial period exist and they can be used
to estimate the climate sensitivity, but this approach suﬀers from large uncertainties due
to the short length of observations and the strong and rapidly increasing anthropogenic
forcing (Gregory et al., 2020). Climate models which have the advantage that the various
feedbacks are amenable to detailed inquiry. Historical simulations are used in analogy
to the observation-based approach which has revealed the importance of sea surface
temperature patterns in the climate response (Rose et al., 2014; Andrews et al., 2018).
Long control simulations are used to estimate sensitivity via the fluctuation-dissipation
theorem (Kubo, 1966), but these require millennia of simulation time for useful estimates
(Kirk-Davidoﬀ, 2008). The most common simulation scenario is a step-change in forcing,
such as an instantaneous doubling of CO2 .
The climate response to a step-change in radiative forcing toward equilibrium can be
analyzed with a linear regression between the radiative imbalance (N ) and the GMST
anomaly ( GMST; Gregory (2004)):
N =F

↵ GMST,

(1.7)

where F is the initial radiative forcing, and ↵ the climate feedback parameter. Climate
models take thousands of years to fully equilibrate (Rugenstein et al., 2020), for example,
e.g., N is still far from equilibrium after 170 years in Fig. 1.6a. However, the equilibrium
temperature change is estimated from shorter time series by extrapolating to the equilibrium
where N = 0 (illustrated in Fig. 1.6b; Gregory (2004)). Practically, this so-called eﬀective
climate sensitivity (EﬀCS) is extrapolated from a 150-year, abrupt-4⇥CO2 simulation
(black dots and regression line in Fig. 1.6b) while the Equilibrium Climate Sensitivity
requires the model to be simulated to equilibrium (grey dot and line). The EﬀCS is
lower than the ECS because of slow feedbacks, but using a 4⇥CO2 instead of a 2⇥CO2
forcing oﬀsets a substantial part of this underestimation (Sherwood et al., 2020). To a first
approximation, the climate response should be proportional to the logarithm of the CO2
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Figure 1.6: Deriving the climate sensitivity of models via a step-change radiative forcing
from doubling CO2 concentrations. For illustration, data for one 5900 year CESM simulation
participating in LongRunMIP is shown (Rugenstein et al., 2020). Panel (a) shows time series
of the instantaneously increasing forcing (CO2 concentration; blue), and the model response
of increasing global mean surface temperature ( GMST; orange) and the initially large, then
decreasing radiative imbalance at the top of the atmosphere (N ; green). In panel (b), black
(grey) dots show annual GMST and N values of the first 150 (subsequent 5750) model years.
Extrapolating the temperature response of the first 150 years to the point where the radiation
balance is restored at N = 0 results in the eﬀective climate sensitivity (EﬀCS). The Equilibrium
Climate Sensitivity (ECS) is obtained from equilibrating the model and is larger than the EﬀCS.
The bars at the bottom of panel (b) show the assessed likely range of ECS in the 5th and 6th
Assessment Reports of the Intergovernmental Panel on Climate Change (Stocker et al., 2013;
Masson-Delmotte et al., 2021). These are based on palaeo, historical, and modelling evidence,
and progress in our understanding has substantially narrowed the uncertainty range; a best
estimate of 3 K is given in AR6 (black line).
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concentration, but the second doubling of CO2 in 4⇥CO2 experiments leads to slightly
more warming than the first (Rugenstein et al., 2020). This is another example of the
state dependence of the climate sensitivity. A number of improvements on Gregory (2004)
method have been suggested, for example, by taking into account additional measures
of the climate state (Bastiaansen et al., 2021). Synthesizing results from all lines of
evidence, in its 6th Assessment Report the IPCC estimates the likely range of the ECS to
be 2.5 4.5 K with a best estimate of 3 K (red bar in Fig. 1.6b).

1.3.3 Anthropogenic climate change
Currently, the climate system is warming rapidly in response to anthropogenic greenhouse
gas emissions. While diﬀerent climate models exhibit diﬀerent sensitivities to these
emissions, the future climate evolution is predominantly determined by the total emissions
of greenhouse gases (Stocker et al., 2013). The diﬀerence in climate model sensitivity
arises from uncertainties in feedback mechanisms, the largest of which are cloud feedbacks
(Stocker et al., 2013; Ceppi et al., 2017). Another major source of uncertainty are
carbon-cycle feedbacks which can substantially alter concentrations of both carbon dioxide
and methane in the atmosphere. In the Representative Concentration Pathway (RCP)
experiments of CMIP5 (Taylor et al., 2012), these are not taken into account by design as
greenhouse gas concentrations are prescribed. Also for ECS, EﬀCS, and TCR carbon-cycle
feedbacks are explicitly excluded.
The warming response of the climate system to anthropogenic greenhouse gas emissions
is modulated by internal climate variability. In particular, multidecadal variability on
time scales between 10 and 100 years complicates the attribution of observed changes
to anthropogenic forcing (Hegerl and Zwiers, 2011; Bindoﬀ et al., 2013; Stolpe et al.,
2017). This forcing consists of greenhouse gas and aerosol emissions, with opposing
eﬀects in surface temperature, which both evolved non-linearly in time. Disentangling
internal variability from a forced signal is important and not trivial. For example, North
Atlantic sea surface temperatures were initially linearly detrended which gave the spurious
impression of very strong multidecadal oscillations (Mann et al., 2020). More recently, a
temporary slow down in the GMST rise following the strong 1998 El Niño event spurred
significant research into heat uptake variability and its eﬀect on GMST (Kosaka and Xie,
2013; England et al., 2014; Medhaug et al., 2017).

1.4 Research questions and outline
Climate modeling is a fundamental tool for climate research and critical for projecting
future climate change. In concert with the constant growth of computing power, increasing
computing resources is allocated for modeling. However, there exists a three-way tension
between increasing the model resolution, increasing the number and/or complexity of
processes, and increasing the ensemble size or length of simulations. The research presented
in this thesis focuses on the eﬀect of resolving ocean mesoscale eddies in a climate model
on the climate mean state, multidecadal climate variability, and the response of the climate
system to forcing. These ‘strongly-eddying’ simulations are computationally expensive
and multi-century simulations, and hence this research, have become feasible only recently.
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While the eddy parametrizations of non-eddying models have been calibrated and tested
with ocean observations, there are many reasons to assume that resolving the ocean
mesoscale can lead to a diﬀerent mean state, diﬀerent variability, and a diﬀerent response
to forcing of the climate system. We use the Community Earth System Model (CESM)
with its ocean component, the Parallel Ocean Program (POP), to simulate the present-day
climate and scenarios of climate change.
After introducing the CESM and POP as well as the simulations in Chapter 2 we address
the following research questions concerning the diﬀerence between climate models with
and without strongly-eddying oceans.
How does the strongly-eddying CESM compare to the non-eddying
CESM in its present-day climate state?
Increasing the ocean grid resolution to resolve the Rossby radius enables a stronglyeddying ocean with realistic dynamic sea-level variability and more realistic currents.
Furthermore, small-scale SST patterns are important for correctly simulating air–sea fluxes
which aﬀect the simulated mean state. We assess the simulations’ skill by comparing them
to observations in Chapters 2 and 5. We specifically focus on simulation biases relevant to
freshwater fluxes.
How does multidecadal variability change when resolving mesoscale
eddies?
Despite their relatively short lifetimes of weeks to months, mesoscale eddies can contribute
to low-frequency, multidecadal variability, in part through an improved mean state and
in part through the collective behavior of mesoscale eddies. If eddying models exhibit
a fundamentally diﬀerent low-frequency variability, this would aﬀect uncertainties in
climate change projections, the attribution of observed changes, and also predictability.
In Chapter 3, we investigate three modes of multidecadal SST variability: the Atlantic
Multidecadal Variability, the Pacific Decadal Oscillation, and the Southern Ocean Mode.
In the strongly-eddying CESM, there exists a mode of multidecadal variability in the
Southern Ocean that is absent in the low-resolution version of the model. In Chapter 4,
we analyze the mechanism of the Southern Ocean Mode through the perspective of the
mechanical Lorenz Energy Cycle.
How does resolving mesoscale eddies influence the model response
to climate change scenarios?
A diﬀerent response to forcing may be expected as both the mean state diﬀers between noneddying and strongly-eddying models and diﬀerent mechanism are resolved. In Chapter 5,
we analyze the Atlantic freshwater budget, which has implications for the stability of the
AMOC, with respect to its mean state and its response to a climate change scenario. In
Chapter 6, we investigate the eﬀect of a strongly-eddying ocean on the simulated climate
sensitivity. As mesoscale eddies aﬀect the vertical heat transport and hence heat uptake,
they could aﬀect climate sensitivity.

1
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Can we trust current models which overwhelmingly employ noneddying ocean components or is there a paradigm shift when resolving
new physics?
Chapter 7 summarizes the results of the research presented in the following Chapters,
discusses their relevance and implications, and provides an outlook for future research.

2
Model Description, Simulations, and
Performance
The Earth System comprises complex interactions between subsystems and much of its
behavior is experimentally inaccessible, leaving modeling as the main avenue of scientific
inquiry. Throughout this thesis, we analyze simulations performed with the Community
Earth System Model (CESM) and its ocean component, the Parallel Ocean Program (POP).
In particular, we analyze an ocean-only POP setup with a high-resolution grid resulting
in a strongly-eddying flow. We further use the coupled CESM in two configurations, one
with a 0.1°, strongly-eddying ocean and one with a 1°, non-eddying ocean which is typical
of the current Coupled Model Intercomparison Project phases 5 and 6. We performed
several experiments with these two setups: present-day control simulations prescribe a
fixed amount of radiatively active greenhouse gases, while gradual or abrupt climate change
experiments vary these concentrations in time. In this Chapter, we describe the ocean
model POP and the coupled model CESM as well as the simulations performed with them.
Further, we describe the mean state and response of these CESM simulations, compare
the present-day model state to some observational datasets, and situate the CESM model
within the CMIP5 model ensemble.
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2.1 The Parallel Ocean Program
2.1.1 Ocean modeling

2

There is a model hierarchy of ocean models ranging from the analytically solvable Sverdrup
balance of the wind-driven gyre circulation, via quasi-geostrophic models, to primitive
equation models. The latter are used in state-of-the-art Earth System Models and solve a
set of nonlinear partial diﬀerential equations either via finite-diﬀerence or finite-element
methods. Commonly the Boussinesq approximation is employed which states that variations
in density only enter in the gravitational acceleration term. This has the side eﬀect of
filtering out sound waves, increasing the time step necessary for stability significantly.
The Parallel Ocean Program (POP) is a finite diﬀerence, primitive equation model. The
model can be used either independently with prescribed surface boundary conditions
or coupled with surface fluxes resulting from dynamic atmosphere, sea ice, and runoﬀ
models. The POP2 model formulation is volume conserving and surface freshwater fluxes
are modeled as virtual salt fluxes. Subgrid-scale mixing processes are parameterized using
the Gent-McWilliams scheme in the non-eddying configuration (Gent and McWilliams,
1990) and captured with a biharmonic formulation in the strongly-eddying setup. In
our stand-alone and coupled simulations, we disable tides and their associated mixing.
Overflows are parametrized in the non-eddying configuration, but in the high-resolution,
strongly-eddying setup the use of partial bottom cells enables the explicit simulation of
overflows.

2.1.2 Ocean model grid
The grid spacing of an ocean model determines which physical phenomena can be resolved.
In this thesis, we use simulations with two diﬀerent rectilinear ocean grids (see Tbl. 2.1):
‘LR’ uses a non-eddying displaced dipole ocean grid with 1° grid spacing, and
‘HR’ uses a strongly-eddying tripole ocean grid with nominal 0.1° grid spacing.
A rectangular latitude-longitude ocean grid would have a singularity at the geographic
North Pole. This problem is circumvented in POP by displacing the model North Pole
into Greenland or splitting it into two poles in North America and Asia. The first solution
is used in the low resolution and the latter in the high-resolution grid. The LR grid uses
60 vertical levels down to 5500 m and no partial bottom cells, while the HR grid has 42
vertical levels to 6000 m with partial bottom cells. The vertical grid spacing is 10 m near
the sea surface and 250 m in the deep ocean. The governing equations are discretized with
an Arakawa-B grid (Arakawa and Lamb, 1977; Smith et al., 2010). North- and eastward
velocities are thus located at a common grid point oﬀset from tracer grid point where
salinity, temperature or pressure are located. Most quantities are defined at the vertical
center of a cell while fluxes are generally located at the cell faces. The cell geometry, in
particular regarding partial bottom cells, is detailed in the POP Reference Manual (Smith
et al., 2010).
Figure 2.1 shows the ocean bathymetry of the POP2 model and the topography as seen by
the atmosphere model (CAM5, see Subsection 2.2.2 and Table 2.1). Panel (a) shows the
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Figure 2.1: The bathymetry and topography of the HR- (a/b) and LR-CESM (c) model. The
depth is shown on the 0.1° and 1° POP2 native grids in the ocean, while the topography is shown
over land in the 0.5° and 1° CAM5 native grid. Coastlines are from the Natural Earth data base.
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global domain of the HR-CESM model, while panels (b) and (c) show Western Europe and
part of the North Atlantic for the HR- and LR-CESM, respectively. The diﬀerence in both
ocean and atmosphere resolution is clear when comparing (b) and (c). The deviation from
a rectangular latitude-longitude grid orientation (grey grid lines) is visible in the northern
half of panel (c). As POP2 employs an Arakawa-B grid, channels cannot be just a single
grid cell wide. The Strait of Gibraltar exemplifies how the LR-CESM grid needs to be
artificially widened to allow for throughflow. The Skagerrak-Kattegat connection between
the North Sea and Baltic Sea is resolved by the HR-CESM grid, but is implemented as a
river outflow in the LR-CESM.
The first baroclinic Rossby radius of deformation, or simply Rossby radius LD , is the
length scale at which Coriolis eﬀects in the momentum equation are of similar strength
as buoyancy or gravity wave eﬀects. Outside the equator (where the Coriolis parameter
f ⇡ 0), LD in the ocean can be approximated as (Chelton et al., 1998):
Z 0
1
LD =
N (z 0 ) dz 0 ,
(2.1)
|f |⇡ H
q
g d⇢
where N =
the buoyancy frequency that depends on the gravitational acceleration
⇢ dz
g and the vertical gradient of potential density ⇢. Figure 2.2a shows the Rossby radius
LD for the annually-averaged potential density structure of the HR-CESM year 200. The
Rossby radius decreases from around 100 km in the tropics to about 10 km in the polar
deep ocean, and even smaller on continental shelves. The LD map of the LR-CESM year
500 looks very similar to the shown HR-CESM year 200 map.
To determine where mesoscale eddies are simulated, Hallberg (2013) used the ratio of the
Rossby radius to the eﬀective grid size ˜ which is defined as:
p
˜ = ( x2 + y 2 )/2,
(2.2)

where x and y are the rectilinear grid spacings. The eﬀective grid sizes ˜ are relatively
uniform in both ocean grids and decrease somewhat toward the poles as the length of
parallels decreases (Fig. 2.2b/c). The median eﬀective grid sizes are 7.1 km and 86 km
for the HR- and LR-CESM grids, respectively. The maps of the ratios show how the
HR-CESM simulation resolves LD over the majority of the ocean, while the LR-CESM
simulation does not (Fig. 2.2d/e). We call the HR-CESM model ‘strongly eddying’ because
it is neither just ‘eddy-permitting’ (a name typically for 0.25° models), nor is all mesoscale
turbulence resolved. The LR-CESM configuration is a classical example of a ‘non-eddying’
model. Other naming conventions exist, Moreton et al. (2020), for example, compare
‘eddy-rich’ 1/12° to ‘eddy-present’ 0.25° models.
Numerically comparing results on diﬀerent grids necessitates the interpolation between
these grids. Depending on the quantity to be compared one can simply choose to bilinearly
interpolate, or a more comprehensive method such as conservative interpolation has to
be chosen. The open-source python package xESMF wraps the ESMF Fortran library which
contains diﬀerent interpolation methods (Zhuang et al., 2020). For plotting purposes or
calculation of zonally-integrated quantities, a rectangular latitude-longitude grid may be
desirable and the routine tx0.1_to_0.4 is provided by the POP developers to interpolate
data from the rectilinear 0.1° tripolar grid to a rectangular 0.4° grid.
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Figure 2.2: Rossby radius and grid spacing. (a) The first baroclinic Rossby Radius LD for the
HR-CESM year 200 density structure. A 10° band around the equator is masked because there
assumptions for the LD derivation are violated due to the small Coriolis parameter. The LD
map for LR-CESM is very similar and hence not shown. (b/c) The eﬀective grid spacing ˜ of
the HR- and LR-CESM ocean grids. (d/e) The ratio of the Rossby radius and the grid spacing.
At ratios larger than unity (green), mesoscale eddies are simulated, while below (red) eddies
cannot be resolved. For the LR-CESM ratio (e), the potential density structure of year 500 is
used to compute LD . Inspired by the map of Hallberg (2013).
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2.2 The Community Earth System Model
2.2.1 Earth system modeling

2

There exists a hierarchy of climate models, ranging in resolved scales and processes from
simple zero-dimensional energy balance models via intermediate complexity models to
highly detailed models. Earth System Models (ESMs) inhabit the complexity apex of that
hierarchy. They couple models of the atmosphere, ocean, ice, and land surface and, in
contrast to general circulation models or global climate models (GCMs), ESMs can also
simulate the carbon cycle and (bio-) geochemistry. Models are informed by observations of
the Earth System as well as laboratory experiments and are constrained by theory where
possible.

Figure 2.3: Concentrations (a) and associated radiative forcing (b) relative to the pre-industrial
level of the three most important, well-mixed greenhouse gases: carbon dioxide (CO2 ; blue),
methane (CH4 ; orange), and nitrous oxide (N2 O; green). The solid line represents the historical
concentrations up to 2005 and the RCP8.5 scenario beyond. The dotted line is at pre-industrial
concentrations, the dashed line at year 2000 concentrations. The dashed-dotted lines represent
idealized 4⇥CO2 step-function and 1%/year CO2 increase scenarios. Crosses mark observed
global average values in 2018.

ESMs enable us to probe the evolution of the system in diﬀerent experimental setups which
is impossible to do with the real climate system. One main avenue of experiments controls
the concentrations of radiatively active atmospheric components, such as greenhouse
gases or aerosols. Figure 2.3 shows the concentrations of the three radiatively most
important long-lived, and hence well mixed, greenhouse gases. Prototypical experiments
include control simulations with fixed GHG concentrations, historical simulations with
reconstructed GHG concentrations, and simulations assuming an emissions or concentration

Section 2.2 – The Community Earth System Model

| 29

pathway.

2.2.2 The CESM components
In this thesis, we use the Community Earth System Model version 1.0.4 and 1.1.2 (CESM
or CESM1; Hurrell et al. (2013)). The model was used in a similar configuration in
the Coupled Model Intercomparison Project phase 5 (see Section 2.4.2; Stocker et al.
(2013)). It is developed primarily at National Center for Atmospheric Research in Boulder,
Colorado. The CESM components are CAM5 (Community Atmosphere Model), POP2
(Parallel Ocean Program), CICE (sea ice model), and CLM (Community Land Model)
which are coupled by the CESM1 coupler. The performance progress with respect to
CESM1’s predecessor, the Community Climate System Model version 4 (CCSM4), is
described in detail by Meehl et al. (2013). The CESM ocean component POP2 was
described in Section 2.1.1 while the non-ocean model components are described in the
following.
The Community Atmosphere Model (CAM5) The atmosphere model within CESM
is the Community Atmosphere Model (Neale et al., 2012). The governing hydrostatic
equations are solved with a finite-volume dynamical core. The model uses a vertically
non-equidistant discretization using hybrid-sigma coordinates. The climate sensitivity of
CAM5 is 4.1 °C and higher than that of its predecessor CAM4 with 3.2 °C (Gettelman
et al., 2012).
The Community Land Model (CLM4) The land surface with its various vegetation
types and river routing is simulated by the Community Land Model (Oleson et al., 2010;
Lawrence et al., 2011). The ground is resolved with 15 layers down to 50 m depth and 16
diﬀerent vegetation types can coexist in individual grid cells which are the same size as
the CAM grid cells. The CLM presents land-ice-covered areas as a fixed topography to
CAM and delivers runoﬀ to the ocean model POP2.
The Community Ice Code (CICE4) Sea ice is modeled in CESM1 with the Community
Ice Code (Hunke and Lipscomb, 2008). Apart from calculating the melting, freezing and
advection of sea ice, the model considers radiation penetration, aerosol deposition, and
melt pond formation among other processes. The CICE model resolution is that of the
ocean model POP and seawater freezes to sea ice at 1.8 °C.
The Coupler (CPL7) The Coupler of CESM1 connects the model components above
(Craig, 2010). It calculates the fluxes and diagnostics and uses regridding from one model
grid to another.

2.2.3 Configurations
Table 2.1 provides technical details of the two CESM configuration used in this thesis.

2
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Table 2.1: Configuration details of the HR- and LR-CESM. The number of zonal, meridional,
and depth z-level/height pressure levels is given by nx , ny , and nz , respectively. The ocean grid
cell thickness, z, increases from the surface to the maximum depth.

2

HR-CESM
LR-CESM
CESM version
1.0.4
1.1.2
POP
version
2
2
grid geometry
tripolar
displaced dipole
grid name
‘tx0.1v2’
‘gx1v6’
grid spacing
⇠ 0.1
⇠1
(nx , ny , nz )
(3600, 2400, 42)
(384, 320, 60)
z, maximum depth 10-250 m, 6000 m 10-250 m, 5500 m
partial bottom cells
yes
no
CAM version
5.0
5.2
grid name
‘f05’
‘f09’
grid spacing
0.47 ⇥ 0.63
0.9 ⇥ 1.25
(nx , ny , nz )
(576, 384, 30)
(288, 192, 30)

2.2.4 Computational performance
The CESM model components can be used independently and their codes are parallelized.
This parallelization comes at the cost of increased communication such that the computation setup needs to be optimized. Further considerations include, but are not limited
to, the choice of time steps and the number of cores assigned to each component so that
expensive components finish at approximately the same time to minimize waiting times.
Table 2.2 provides an overview of the chosen computational setup for both the POP
stand-alone and coupled CESM simulations.
Table 2.2: Computational performance of the coupled CESM 1.0.4 and stand-alone POP2
simulations on Haswell E5-2690v3 nodes. The number of cores, the performance at this core
number, as well as the cost reflect those chosen for producing the simulations used in this thesis.
The output file size is for monthly history files as stored for the present simulations. For CESM
the sizes of the standard POP and CAM are given separately, while the large HR-POP size
includes extra diagnostics on top of the standard output.

model
HR-CESM
LR-CESM
HR-POP
LR-POP

cores
performance
cost
file size
total number model year/day core-hour/model year GB/month
1,752
0.85
49,469
21+2.3
768
7.90
2,334
1.1+0.7
1,296
2.72
11,436
56
648
75.0
208
1.1

2.3 Simulations used in this thesis
An overview of the diﬀerent CESM simulations in terms of their simulated annual global
mean surface temperature used in this thesis is given in Fig. 2.4. While the response of
the GMST to changes in greenhouse gas concentrations is similar between the HR- and
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Figure 2.4: The Global Mean Surface Temperature (GMST) evolution of the various simulations
used in this thesis. (a–c) At constant year 2000 greenhouse gas levels, the 5-year running mean
GMST of the control simulations shows their equilibration for the HR-CESM (version 1.0.4) and
LR-CESM (both versions 1.1.2 and 1.0.4). (d) The diﬀerent forced simulations with the HR(thick lines) and LR-CESM (thin). Our RCP simulation (orange) uses the CO2 pathway of the
RCP8.5 scenario (Taylor et al., 2012; Stocker et al., 2013), but keeps the other greenhouse gases
constant. For comparison, the average responses to the CMIP5 RCP8.5 and RCP6.0 scenarios of
the CESM1-CAM5 (CESM 1.0.4 in the LR-CESM configuration) are plotted as dashed lines.
Large (small) triangles indicate branch-oﬀ points of the forced HR-CESM (LR-CESM) simulations
in (a–c) in the corresponding colors. Note that the CMIP5 scenarios are continued from transient
historical simulations while our HR- and LR-CESM simulations start from nearly equilibrated
control simulations.
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LR-CESM simulations, the interannual variability is higher in LR-CESM due to a too
strong (and too regular) El Niño Southern Oscillation (Wieners et al., 2019).

2

POP present-day ocean simulations In this high-resolution, ocean-only simulation
(not shown in Fig. 2.4), the POP model is exposed to a repeat annual cycle of monthly
surface boundary conditions (Coordinated Ocean Reference Experiment, Large and Yeager
(2004)). This experimental approach enables us to discern variability originating purely in
the ocean versus variability that may be imprinted from the atmosphere or result from
the interactions between the atmosphere and the ocean.
CESM present-day control simulations These control simulations for both HR- and
LR-CESM use fixed year 2000 greenhouse gas concentrations (dashed lines in Fig. 2.3 and
blue lines in Fig. 2.4). The HR-CESM simulation continues from an NCAR simulation of
several decades which itself was initialized from a motionless ocean with a present-day
estimate of the ocean’s temperature and salinity distribution. The LR-CESM simulation
was similarly continued from an NCAR provided initial state. The model should be
warmer than the observed year 2000 since the greenhouse gas concentrations are held
constant for centuries and the radiative imbalance can relax towards a warmer equilibrium
(Fig. 2.4a). We denote these control simulations as ‘CTRL’. At year 1000 a second
LR-CESM simulation was started from the long CESM 1.1.2 simulations with CESM 1.0.4
to compare it to HR-CESM which also uses version 1.0.4. Between these versions, CAM
was updated from version 5.0 to 5.2 and some cloud parametrizations changed. In the
LR-CESM setup, version 1.0.4 is slightly warmer than version 1.1.2.
CESM climate change scenario simulations These anthropogenic climate change simulations that employ the high CO2 concentrations Representative Concentration Pathway
RCP8.5 (solid lines after year 2000 in Fig. 2.3, orange in Fig. 2.4d; Stocker et al. (2013)).
Other greenhouse gases are held constant at year 2000 values, such that the radiative
forcing at the end of the 21st century is only 6.9 W m 2 and not 8.5 W m 2 . Furthermore,
land use is also fixed but this has no discernable influence on the radiative imbalance
in 2100 (Davies-Barnard et al., 2014). We name these simulations ‘RCP’ without a
numeral suﬃx as it falls between the canonical RCP8.5 and RCP6.0 CESM simulations in
terms of radiative forcing (cf. Figs. ?? and 2.4). The simulations are initiated from the
present-day control simulations at model years 200 (HR-CESM), 500 (LR-CESM 1.1.2),
and 1200 (LR-CESM 1.0.4), respectively (marked by triangles in Fig. 2.4a-c). Because
these simulations are started from a nearly equilibrated year 2000 state, their initial
warming is less than the warming of transient simulations as prescribed in the Coupled
Model Intercomparison Project (CMIP). As a result, the warming in year 2100 equals
that of the RCP6.0 CESM1-CAM5 simulations submitted to CMIP5 (these are LR-CESM
1.0.4).
CESM abrupt forcing change simulations These idealized abrupt forcing simulations
instantly double or quadruple CO2 concentrations relative to the present-day conditions
(dashed-double dotted in Fig. 2.3, green and red in Fig. 2.4d). They can be used for
estimating the climate sensitivity by extrapolating the global mean surface temperature
response to radiative equilibrium (Gregory, 2004).
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2.3.1 Experimental design choices and caveats
Our experimental protocols diﬀer from the CMIP6 standard simulation protocols (Taylor et
al., 2012). In case of the HR-CESM, this deviation is mainly due to the high computational
costs and the LR-CESM simulations match the experimental design of HR-CESM. As a
control simulation, a constant year 2000 forcing simulation was chosen over a pre-industrial
simulation to enable comparison to observations which are more abundant today. This
comes at the expense of being a bit warmer than the year 2000 observations due to their
non-transient nature. In CMIP, pre-industrial simulations are the starting points for
historical simulations which are extended beyond the year 2005 with RCPs. The CMIP
abrupt 4⇥CO2 experiments also start from pre-industrial simulations while we use our
year 2000 control simulation. Due to the computational cost, the HR-CESM 4⇥CO2
experiments were only performed for 50 years. Estimating the climate sensitivity using
the method of Gregory (2004) with these abrupt forcing experiments requires at least
150 years of data as these simulations do not reach equilibrium for centuries (Rugenstein
et al., 2020).
The direct comparison of the HR-and LR-CESM is hampered by the fact that the CTRL
and 4⇥CO2 simulations use diﬀerent model versions, namely 1.0.4 and 1.1.2. Between
model version 1.0.4 and 1.1.2, CAM was updated from version 5 to version 5.2 which
switched the dynamical core and changed some cloud parametrizations. Furthermore, the
atmospheric resolution is diﬀerent with 1° in LR-CESM and 0.5° in HR-CESM.
Of course, CESM1 does not contain all processes occurring in the real Earth system. For
example, sub-ice shelf cavities are not modelled; the ocean grid simply represents this
geographic feature as a wall. Consequently, there is no extra meltwater input into ocean
from sub-shelf melt processes which may aﬀect the stratification and hence circulation
response significantly (Bronselaer et al., 2018). Furthermore, ice sheets and ice shelf
dynamics are not represented in the model and a possible response, like a retreat of the
West Antarctic Ice Sheet, cannot be modelled. Keeping in mind these caveats–inherent to
any scientific modeling–we show in the following how well the CESM captures processes
relevant to the questions we seek to address in this thesis.

2.4 CESM performance
2.4.1 Model–data comparison
Models help interpret observations and put often sparse observational data into context.
Here we compare some observed climate variables to their modelled counterparts to (1)
show the fidelity of the CESM simulations, and (2) compare the biases in HR- and LRCESM in terms of their patterns, their average, and root-mean-squared-error (RMSE). The
simulated data were averaged from year 200-230 and year 500-530 for HR- and LR-CESM,
respectively.
Figure 2.5 shows the 1990-2019 HadISST Sea Surface Temperature (SST) and the HR- and
LR-CESM biases (Rayner et al., 2003). Both models show an overall positive temperature
bias that is particularly prominent in the mid to high latitudes (where sea ice concentrations
are low compared to observations, see Fig. 2.9). One reason for the positive SST bias is
the forcing which is held constant at year 2000 levels for centuries. In HR-CESM, warm
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Figure 2.5: Annual mean sea surface temperature observations (a) and model bias of annual
SSTs of the HR- (b) and LR-CESM (c) control simulations. The mean biases and the root mean
square error are given in the lower right of the bias maps.

biases are located in the high latitudes and the tropical Indo-Pacific and cold biases in the
Indo-Pacific subtropical gyres and the tropical and subtropical Atlantic. The LR-CESM
SST bias is more asymmetric about the equator with large-scale cold biases only in the
Northern Hemisphere subtropical gyres and the southern edge of the NA-SPG. The mean
and RMSE bias is lower in HR-CESM compared to LR-CESM, this is particularly evident
around the western boundary currents and in the Southern Ocean where mesoscale eddies
are abundant.
Figure 2.6 shows the diﬀerence between precipitation and evaporation, P E. We use the
1989-2010 climatology of theERA-Interim P E data (Dee et al., 2011; Trenberth et al.,
2011). Striking features in the observational data include the Intertropical Convergence
Zone (ITCZ) rain band just north of the equator, the evaporative subtropical gyres, and
the precipitative mid- to high-latitudes. Both HR- and LR-CESM show a fairly similar
bias pattern although the biases are stronger in the LR-CESM. Here both the modelled
SSTs and the diﬀerent atmospheric resolutions between HR- and LR-CESM contribute
to the bias signal. Signs of a double ITCZ can be seen in the equatorial Pacific in both
simulations. In the tropical Atlantic, the ITCZ is shifted too far south in LR-CESM, but
this phenomenon is much reduced in the HR-CESM. Around the Gulf Stream the improved
SSTs of the HR-CESM simulation remedy much of the bias present in LR-CESM. The
small-scale air-sea interactions enabled by the high resolution of HR-CESM are known
to be important (Kirtman et al., 2012). The RMSE of HR-CESM is smaller than for
LR-CESM, but the mean bias is stronger in HR-CESM.
Figure 2.7 shows the salinity of the top 100 m in the global salinity observations averaged
over 1990-2019 which is provided on a 1°⇥ 1° grid (Good et al., 2013). The surface salinity
is determined both by surface freshwater fluxes and advective salt convergences. High
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Figure 2.6: Precipitation minus Evaporation over the ocean: ERA-Interim reanalysis (a), and
model biases of the HR- (b) and LR-CESM (c) control simulations. The mean biases and the
root mean square error are given in the lower right of the bias maps.

Figure 2.7: The salinity of the upper 100 m as observed in the EN4 dataset (a) and model
biases of the HR- (b) and LR-CESM (c) control simulations. The mean biases and the root mean
square error are given in the lower right of the bias maps.

salinity areas generally correspond to evaporative regions (e.g. subtropical gyres; Fig. 2.6)
and the Atlantic surface layer is much saltier than the Pacific due to stronger basin-wide
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evaporation than precipitation. Thanks to improved surface freshwater fluxes and a better
representation of the circulation, the HR-CESM bias is lower in both the mean and RMSE
than the LR-CESM bias.

2

Figure 2.8: The standard deviation of the dynamic sea level as observed (a) and modelled by
the HR- (b) and LR-CESM (c) control simulations. Missing data in the observations are white.

Figure 2.8 shows the dynamic sea level standard deviation. The observed standard
deviation is calculated from one year of 5-daily averaged sea surface height anomalies
provided on a 1/6° grid (Zlotnicki et al., 2019). The simulated data use one year of
dynamic sea levels at the model time step. Areas of energetic mesoscale activity are the
western boundary currents, the Antarctic Circumpolar Current, the Argentine Basin, and
the Agulhas Retroflection. The HR-CESM simulation faithfully represents these areas of
mesoscale variability whereas the LR-CESM simulation does not simulate mesoscale eddies.
The area-weighted mean of the standard deviation is higher in HR-CESM compared to
that of the LR-CESM and closer to the observations.
Figure 2.9 shows the seasonal cycle of the Arctic and Antarctic sea ice area. The observed
sea ice area from 1990-2020 are derived from microwave satellite data (Fetterer et al.,
2017). Strong trends in the Arctic sea ice area are visible in the color gradient, while the
Antarctic trend is not obvious. Both the HR- and LR-CESM CTRL simulations capture
the seasonality well, with maxima and minima coinciding with the observed extrema.
However, both CTRL simulations exhibit an ice-free Arctic in the boreal summer. The
Antarctic sea ice area is captured better by the HR-CESM which is partly due to the
reduced SST biases in the Southern Ocean (Fig. 2.5). Under the RCP forcing scenario,
both HR- and LR-CESM simulate a strong reduction in sea ice area with no sea ice present
in the respective summers. The HR-CESM sea ice is more sensitive as the winter sea ice
area reduces much more compared to LR-CESM.
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Figure 2.9: The seasonal cycles of the sea ice area in the Arctic (a) and Antarctic (b). The
annual observations between 1990 and 2020 are shown as thin lines together with their mean
(black). For the HR-CESM (blue) and LR-CESM (orange), both the control simulation mean of
the 30 years following the RCP branch-oﬀ point (solid) and the average of the last RCP decade
(dashed) are shown. The thin dotted line in (a) at 1 ⇥ 106 km2 indicates the commonly used
threshold for an ice-free Arctic.

2.4.2 Coupled Model Intercomparison Project
There is a plethora of Earth System Models developed by diﬀerent institutions. These
models are compared with one another in Model Intercomparison Projects (MIPs) that
define a set of experiments to be performed with the models. The most comprehensive MIP
is the Coupled Model Intercomparison Project (CMIP) that contributes to the Assessment
Reports of the Intergovernmental Panel on Climate Change (IPCC; Stocker et al. (2013)).
The LR-CESM1 configuration used in this thesis and its predecessor, CCSM4, contributed
to phase 5 of the CMIP exercise (CMIP5; Taylor et al. (2012)). The most recent CMIP
phase is CMIP6, in which the CESM1 successor CESM2 participates, contributing to
the Sixth Assessment Report (CMIP6; Eyring et al. (2016)). The participating models
often share some components and are thus not independent, nonetheless, the multi-model
mean has often proven useful and is used in assessing the improvements in between model
generations (Flato et al., 2013). Another MIP relevant in the context of this work is the
High Resolution MIP (HiResMIP) which is part of CMIP6 with a focus on a systematic
comparison of resolution eﬀects (Haarsma et al., 2016). In HiResMIP the ocean resolution
remains limited to the eddy-permitting 0.25° grid spacing and much focus is on atmospheric
resolution improvements.
All participating modelling centers contribute historical and a small set of idealized
simulations. A subset of the CMIP greenhouse gas concentration pathways is included in
Fig. 2.3. To evaluate the impact of anthropogenic climate change, scenarios are developed
such as the Representative Concentration Pathways (RCP) used in CMIP5 or the Shared
Socioeconomic Pathways (SSP) of CMIP6. These scenarios are based on integrated
assessment models which integrate assumptions on social, technological, and economic
development. The high concentration pathway RCP8.5, named so because of the resulting
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radiative forcing of 8.5 W m 2 in 2100 relative to pre-industrial times, is indicated by
the solid line in Fig. 2.3. Additionally, there are idealized scenarios like step-changes of
GHGs, such as an instant doubling or quadrupling (dashed-double dotted line), or an
exponential 1% per year rise of CO2 (dash-dotted line). In both CMIP5 and CMIP6, the
ocean components of the participating models are almost exclusively at a non-eddying 1°
grid spacing only.
In the CMIP exercise, the Community Earth System Model we use compares favorably
to observations compared to other models (e.g. Fig. 9.7 in that almost all of its assessed
biases are lower than the median of the CMIP5 model ensemble Stocker et al. (2013)).

2.5 Summary
In this Chapter, we presented the Community Earth System Model version 1 (CESM)
and its ocean component, the Parallel Ocean Program version 2 (POP). Two ocean
grids are used in this thesis, a 0.1° tripolar grid which facilitates strongly-eddying oceans
(HR-CESM), and a standard, 1° dipole grid which does not allow for mesoscale activity
to be resolved (LR-CESM). Aside from a present-day, high-resolution POP stand-alone
simulation, three coupled CESM experiments are used in this thesis: (1) present-day, fixed
year 2000 control simulations (Fig. 2.4a-c), (2) plausible climate change scenarios with the
gradually increasing CO2 levels of the RCP8.5 experiment, and (3) abrupt forcing change
simulations prescribing CO2 quadrupling (Fig. 2.4d).
The HR-CESM setup achieves the desired simulation of mesoscale activity over large
parts of the ocean which is not resolved by LR-CESM (cf. Figs. 2.2,2.8). Due to the
fixed year 2000 forcing, both HR- and LR-CESM are warmer than observations (and
LR-CESM 1.0.4 is slightly warmer than 1.1.2; Fig. 2.4c, 2.5). Overall, the HR-CESM
simulation exhibits significantly reduced biases compared to LR-CESM, in particular in
the western boundary current regions and in the Southern Ocean where mesoscale eddy
activity is prevalent (Figs. 2.5-2.8). Remarkably, the HR- and LR-CESM GMST respond
very similarly to the RCP and 4⇥CO2 forcing (Fig. 2.4d) – a finding that will be further
investigated in Chapter 6.
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3
Eﬀects of Strongly-Eddying Oceans on
Multidecadal Climate Variability
Climate variability on multidecadal timescales appears to be organized in pronounced
patterns with clear expressions in sea surface temperature, such as the Atlantic Multidecadal
Variability and the Pacific Decadal Oscillation. These patterns are now well studied both
in observations and global climate models and are important in the attribution of climate
change. Results from CMIP5 models have indicated large biases in these patterns with
consequences for ocean heat storage variability and the global mean surface temperature.
In this Chapter, we use two multi-century Community Earth System Model simulations at
coarse (1°) and fine (0.1°) ocean model horizontal grid spacing to study the eﬀects of the
representation of mesoscale ocean flows on major patterns of multidecadal variability. We
find that resolving mesoscale ocean flows both improves the characteristics of the modes
of variability with respect to observations and increases the amplitude of the heat content
variability in the individual ocean basins. In the strongly-eddying model, multidecadal
variability increases compared to sub-decadal variability. This shift of spectral power is seen
in sea surface temperature index, basin-scale surface heat flux, and the global mean surface
temperature variability. This implies that the current CMIP6 model generation, which
predominantly does not resolve the ocean mesoscale, may systematically underestimate
multidecadal variability.

This Chapter is published as:
A. Jüling, A. S. von der Heydt, and H. A. Dijkstra (2021a). “Eﬀects of strongly eddying
oceans on multidecadal climate variability in the Community Earth System Model”. In:
Ocean Science 17.5, pp. 1251–1271. doi: 10.5194/os-17-1251-2021
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3.1 Introduction

3

The ocean plays a key role in the climate system’s heat budget, absorbing some 93%
of the additional heat retained due to anthropogenic greenhouse gases (Stocker et al.,
2013). Although the instrumental record of sea surface temperature (SST) is only about
one and a half centuries, the observations indicate the existence of spatially correlated
patterns of variability on multidecadal timescales, also referred to as (statistical) modes
of variability (Deser et al., 2010). These modes are thought to be part of the internal
variability of the climate system, and they aﬀect the oceanic heat content by altering heat
fluxes and consequently the global energy budget (Trenberth and Shea, 2006; Dijkstra,
2013; Zhang and Wang, 2013; Frajka-Williams et al., 2017). Disentangling these modes of
internal variability from forced changes is hence important for detection and attribution
studies of anthropogenic climate change (Hegerl and Zwiers, 2011; Bindoﬀ et al., 2013;
Deser et al., 2020). Indeed, these SST patterns have played a major role in the search for
the origin of the most recent global mean surface temperature trend slowdown (Kosaka
and Xie, 2013; England et al., 2014). They may also reflect a memory component of the
climate system, which can provide enhanced skill in long-term climate predictions (Zhang
et al., 2019a). On a broader perspective, societies are impacted significantly by these SST
patterns through associated changes in temperature extremes (e.g., Ruprich-Robert et al.
(2018), droughts (e.g., McCabe and Palecki (2006) and Delworth et al. (2015)), hurricanes
(e.g., Zhang and Delworth (2006)), precipitation patterns (Sutton and Hodson, 2005), and
ecosystem productivity (Mantua et al., 1997). Zhang et al. (2019b) reviews the climate
impacts of the Atlantic Multidecadal Variability.
To determine patterns of SST variability, scalar indices measuring average SST anomalies
over one or more regions are often regressed on the global SST field (Deser et al., 2010).
Both the North Atlantic and North Pacific are known for their low-frequency SST variability
and associated pattern. The Atlantic mode, indicated by the average North Atlantic SST,
was described by Kushnir (1994) and named the Atlantic Multidecadal Oscillation by
Kerr (2000), but in the absence of a single spectral peak, we use the more modern naming
convention of Atlantic Multidecadal Variability (AMV). Low-frequency Pacific variability
was revealed through principal component analysis of North Pacific SSTs (Pacific Decadal
Oscillation; Mantua et al. (1997)) and of the global SSTs (Interdecadal Pacific Oscillation;
Power et al. (1999)). The Pacific Decadal Oscillation (PDO) is thought to arise as a
combination of low-frequency tropical variability and local air–sea interaction (Newman
et al., 2016). In the Southern Ocean, SST observations are relatively sparse prior to
satellite observations, but signatures of multidecadal variability are found, for example, in
the Antarctic sea ice extent (Simpkins et al., 2013). Southern Ocean variability is assessed
here through an SST index in the Atlantic sector of the Southern Ocean (Le Bars et al.,
2016). This Southern Ocean Mode (SOM) is a mode of multidecadal variability and is
presumably the result of eddy–mean-flow interaction (Hogg and Blundell, 2006; Jüling
et al., 2018).
Large-scale SST variability is tightly coupled to the Earth’s energy balance through surface
heat fluxes (SHFs) which change the ocean heat content (OHC) and aﬀect the global mean
surface temperature (GMST). The SST–SHF coupling is complex: generally, anomalously
high SSTs lead to a loss of heat from the oceans, but there is substantial geographic and
seasonal variability depending on atmospheric conditions such as wind speed and cloud
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presence (Park et al., 2005). In the midlatitude North Atlantic, sub-decadal atmospheric
variability drives the SHF, but low-frequency changes in SST drive the SHF on timescales
longer than 10 years (Gulev et al., 2013). There are qualitative diﬀerences in this air–sea
interaction feedback between non-eddying and strongly-eddying coupled climate models
where the latter match the observed behavior much better (Small et al., 2020). The OHC
is changed by both the SHF and heat divergence (Roberts et al., 2017) and multidecadal
OHC changes are related to the three SST modes discusses here. In the Atlantic, observed
OHC changes are strongly modulated by the AMV (Häkkinen et al., 2015). In the Pacific,
the PDO SST pattern is replicated in the upper 300 m vertically-integrated OHC (Kumar
and Wen, 2016). And in the Atlantic sector of the Southern Ocean, the SOM was first
described as a mode of OHC variability with an associated SHF pattern (Le Bars et al.,
2016). Furthermore, the global mean SST signal makes up a large part of the GMST
signal.
The importance of internal ocean variability in low-frequency climate variations has become
clearer in recent years by comparing ocean model results forced by either climatological
or observed atmospheric forcing (Penduﬀ et al., 2014). Multidecadal SST variability can
arise from a range of processes (Dijkstra, 2013). Energy can be shifted to lower frequencies
by the integration of high-frequency variability in one component by a slower component
of a system, such as the coupled atmosphere–ocean system (Hasselmann, 1976). It can
also arise from internal variability in the atmosphere, which is imprinted through heat
fluxes on the upper ocean (Eden and Jung, 2001). Internal multidecadal variability in the
ocean can arise through specific instabilities, such as the thermal Rossby wave mechanism
(Te Raa and Dijkstra, 2002). Results of idealized models have indicated that patterns
of internal multidecadal SST variability may arise through noise excited (non)-normal
modes (Frankcombe et al., 2009; Weijer and van Sebille, 2014; Dijkstra, 2016) or due to a
collective interaction of such modes (Berloﬀ et al., 2007b; Hogg and Blundell, 2006). Such
collective interactions can change the vertical heat transport, aﬀecting the stratification,
which in turn influences the response of the mixed layer to heat fluxes and/or wind stress
(Manucharyan et al., 2017) or impacts deep convection at multidecadal timescales (Dufour
et al., 2017). Mesoscale eddies can also interact with the mean flow, for example through
rectification, which can lead to changes in momentum and vorticity input by wind stress
(Hogg and Blundell, 2006; Berloﬀ et al., 2007a). Last, nonlinear advection of kinetic
energy in the western boundary current separation region can lead to an inverse temporal
cascade in which spectral energy is shifted from high to low frequencies (Martin et al.,
2019).
Models participating in phase 5 of the Coupled Model Intercomparison Project (CMIP5;
Taylor et al. (2012)) generally underestimate multidecadal climate variability (Cheung
et al., 2017; Mann et al., 2020). The amplitudes of Pacific and Atlantic multidecadal
variability, as measured by the AMV and PDO indices, are significantly lower than in
observations. Further, the regression patterns partially mismatch those in observations,
in particular in the Pacific and the western boundary current regions (Kajtar et al.,
2019). Hence, CMIP5 models may miss crucial physical processes causing the patterns of
multidecadal variability. The resolution of many, if not all, CMIP5 models is too coarse to
capture all relevant internal variability. In at least one ocean model, multidecadal variability
appears in a high-resolution (strongly-eddying) setup but is absent in a lower-resolution
(non-eddying) version (Le Bars et al., 2016).

3
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Decreasing the horizontal ocean grid spacing from 1° in CMIP5 style global climate models
to 0.1° enables new physics with the explicit representation of mesoscale phenomena
(Tulloch et al., 2011; Hallberg, 2013). Coherent mesoscale eddies range from 50 to 200 km
in size, and on a 0.1° grid the Rossby radius is resolved equatorward of 50° latitude
(Griﬃes, 2014). Mesoscale variability arises due to barotropic and baroclinic instability
and aﬀects the ocean state in myriad ways (McWilliams, 2008), for example by changing
the advection of tracers (in particular aﬀecting the heat and salinity budgets), by aﬀecting
(re-)stratification (Couvelard et al., 2015; Dufour et al., 2017), and by modifying the mean
flow through rectification. Mesoscale eddies also form an integral part of the turbulent
energy cascade connecting large-scale potential and kinetic energy input to small-scale
dissipation. Currents, such as narrow western boundary currents, are also much better
represented in high-resolution simulations as are inter-ocean exchanges of water masses,
most notably Agulhas rings (Biastoch et al., 2008).
In most CMIP5 model simulations, mesoscale eddy eﬀects are parametrized with the
isopycnal slope mixing parametrization of Gent and McWilliams (1990) (GM). While
GM captures many eﬀects of eddies on the circulation, it stabilizes the ocean state and
suppresses low-frequency variability (Hallberg and Gnanadesikan, 2006; Viebahn et al.,
2019). Furthermore, GM does not capture rectification eﬀects of the eddies on the mean
flow. In idealized non-eddying ocean models, the existence of modes of multidecadal
variability depends critically on the prescribed eddy diﬀusivity (Huck et al., 2014).
Increasing the resolution to allow mesoscale eddies, Huck et al. (2014) find that the
multidecadal variability persists despite changes in the mean circulation, suggesting that
the eddy parametrization may suppress such low-frequency variability if tuned incorrectly.
In a comparative study with a suite of coupled Geophysical Fluid Dynamics Laboratory
(GFDL) models at diﬀerent resolutions, Griﬃes et al. (2015) find a stronger upward heat
transport by the mesoscale eddies, which counteracts the general downward heat transport
by the mean currents. This enhanced vertical heat transport leads to larger heat fluxes
and faster adjustment to forcing (Delworth et al., 2012).
With the availability of multi-century simulations of global climate models with stronglyeddying ocean components (Kirtman et al., 2012; van Westen and Dijkstra, 2017), with
a typical horizontal grid spacing of 10 km or less, it is timely to investigate how the
mesoscale ocean flows aﬀect the patterns of multidecadal variability. This is exactly what
we do here in this Chapter, using simulations with the Community Earth System Model.
The Chapter is organized as follows: section 3.2 describes the simulations and the methods
of analysis, section 3.3 presents the results, and section 3.4 discusses and summarizes the
results and their implications.

3.2 Model simulations and data analysis
We analyze results from two multi-century present-day control simulations with the
Community Earth System Model version 1.0.4 (CESM, Hurrell et al. (2013)), carried out
at the Academic Computing Center in Amsterdam (SURFsara); see, e.g., van Westen and
Dijkstra (2017). Both control simulations use constant year 2000 atmospheric greenhouse
gas concentration forcing, notably [CO2 ] = 367 ppm and [CH4 ] = 1760 ppb. The CESM
components are CAM5 (Community Atmosphere Model), POP2 (Parallel Ocean Program),
CICE (Community Ice CodE), and CLM (Community Land Model) which are coupled by
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the CESM1 coupler. The high-resolution simulation (‘HR-CESM’) employs a 0.1°ocean
horizontal grid spacing on a tripolar grid, while the low-resolution (‘LR-CESM’) simulation
has a 1°ocean horizontal grid spacing with a displaced dipolar grid. The eﬀect of subgridscale processes on tracer and momentum transport is captured with a biharmonic diﬀusion
operator in HR-CESM and the GM parametrization in LR-CESM (Gent and McWilliams,
1990). The HR-CESM simulation was initialized from a simulation of several decades
provided by the National Center for Atmospheric Research, while the LR-CESM simulation
was initialized from a decadally-averaged ocean state at year 1000 of a CESM 1.1.2
simulation performed with the same resolution. CESM 1.1.2 and CESM 1.0.4 exhibit only
minor diﬀerences in their ocean state with CESM 1.0.4 having slightly higher SSTs (not
shown). Table 3.1 summarizes the important simulation characteristics.
Table 3.1: Overview of the two CESM simulations used in this Chapter with characteristics
and names of their ocean and atmosphere grids.

Name
Ocean grid
Atmosphere grid Years analyzed
HR-CESM 0.1° tripole, 42 levels to 6000 m
0.47°⇥0.63°
51-300
LR-CESM 1° displaced dipole, 60 levels to 5500 m 0.9°⇥1.25°
11-260
From earlier simulations with the same model components (CCSM3.5: Kirtman et al. (2012)
and CESM1: Small et al. (2014)), it is known that the climatology of the higher-resolution
simulation improves compared to the lower-resolution simulation in many aspects. The
overall SST biases reduce due to a better representation of boundary currents, ocean
upwelling, and air–sea interactions (Small et al., 2014; Chang et al., 2020). Some biases
remain, though, such as high-latitude SSTs which are too warm and which result in low
sea ice extent and sea ice volume biases in the high-resolution simulation (Kirtman et al.,
2012).

Figure 3.1: The globally-averaged surface heat flux into the ocean of the HR- (a) and LRCESM (b) simulations including the annual time series (thin line), the quadratic fit to the 250
analyzed model years (dashed line), and the 13-year low-pass-filtered version (solid line). For the
low-pass-filtered time series, 7 years are removed at each end to avoid filter edge eﬀects.

Figure 3.1 shows the global mean surface heat flux into the ocean indicating the equilibration
of the simulations. The HR-CESM simulation equilibrates significantly faster than the
LR-CESM simulation. The GFDL CM2 climate models show a similarly decreased drift
in their higher-resolution setups which is due to enhanced upward heat transport by the
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explicitly resolved eddies (Delworth et al., 2012; Griﬃes et al., 2015). In our CESM
simulations, all basins are initiated too cool and hence the temperature increases at all
depths, except for the deep Pacific and some layers at intermediate depths in the Indian
Ocean, which cool (not shown). On interannual timescales, the Pacific surface heat fluxes
vary strongest in comparison with those in the other basins. In particular, in LR-CESM too
strong an El Niño–Southern Oscillation (ENSO) signal dominates the global interannual
surface heat flux signal (Fig. 3.1b; Wieners et al. (2019)).
The results in Fig. 3.1 indicate that a trend must be removed despite the constant forcing
as the model simulations are still adjusting towards their statistical equilibrium. We
remove a quadratic trend at each grid point of the relevant model output. This approach
allows for diﬀerent proximities to the statistical equilibrium and diﬀerent timescales of
adjustment at each grid cell. A further choice in the analysis is the selection of model years
which are used in the analysis. We ignore the first 50 HR-CESM spinup years as strong
adjustment is evident in the global mean SST approximately until year 40. As mentioned,
the LR-CESM simulation is initialized at year 1000 of a CESM 1.1.2 simulation with the
same forcing and grid that maintains a near-constant surface heat flux of 2.2 ZJ yr 1
concurrent to the LR-CESM simulation. We choose to discard the first 10 years of data to
avoid fast adjustment processes and analyze the years 11-260 (see Table 3.1). Monthly
data are de-seasonalized by removing the mean seasonal cycle.
To compare the SST model results with observations, we use the Hadley Centre Sea Ice
and Sea Surface Temperature dataset (HadISST) from 1870-2018, which is provided on a
1°⇥1°grid (Rayner et al., 2003). As alternative SST observations we use the COBE-SST2
(Hirahara et al., 2014) and ERSSTv5 (Huang et al., 2017) datasets, which we limit to the
same 149-year period as HadISST. The diﬀerences in results with respect to HadISST are
discussed in the Appendix 3.A. The observational datasets must be detrended with an
appropriate estimate of the historical forced signal to allow for a fair comparison with the
results of the model simulations, which are obtained under constant forcing. A simple
linear detrending is unable to remove the nonlinear historical forcing signal (Steinman
et al., 2015). When an ensemble of model simulations is available, the forced signal can be
approximated as the ensemble mean assuming that the internal variability of the individual
ensemble members is uncorrelated. One can use either the mean of a single-model ensemble
(such as that of the Max-Planck Institute Grand Ensemble, Maher et al. (2019); or the
CESM Large Ensemble, Kay et al. (2015)) or a multi-model ensemble (multi-model mean:
MMM; such as that of the CMIP5 ensemble). The MMM is generally superior to the
single-model ensemble mean in the historical period (Frankcombe et al., 2018), so we use
CMIP5 ensemble results. The forced signal can furthermore be estimated as a single time
series (single factor detrending; used for example by Steinman et al. (2015)) or as a linear
combination of diﬀerent forcing signals (multi-factor detrending as described below).
For the three observational datasets, we choose to separate the natural and anthropogenic
forcing signals, which was found to be superior to single-factor detrending (Frankcombe
et al., 2018). We use the CMIP5 MMM forced with observed aerosol and greenhouse
gas concentrations until 2005 and those from the RCP8.5 scenario afterward until 2018
(like, e.g., Kajtar et al. (2019)). The natural forcing is assumed to equal the CMIP5
MMM of the historical (natural forcing only) simulations. The anthropogenic contribution
(MMMant ) due to greenhouse gases and aerosols is calculated as the diﬀerence between
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the fully forced MMM (MMMall ) and the MMM with only natural forcing (MMMnat ), i.e.,
MMMant = MMMall

MMMnat .

(3.1)

At each grid point, scaled versions of these two time series are subtracted from the historical
reconstructed SST, such that the detrended SST is
SSTdetr (x, y, t) = SST(x, y, t) ↵1 (x, y)MMMnat (t) ↵2 (x, y)MMMant (t) ↵3 (x, y), (3.2)
where the coeﬃcients ↵i at each location are determined through multiple linear regression.
Stolpe et al. (2017) show for the AMV index and the index of Pacific multidecadal variability
by Henley et al. (2015) (which does not equal the PDO index but shares characteristics)
that the various detrending methods result in similar behavior.
From the de-seasonalized and detrended model and observational SST fields, we determine
area averages and principal components as indices of modes of multidecadal variability.
The AMV index is calculated here over the domain [0°N,60°N]⇥[80°W,0°E], very similar to
that in Stolpe et al. (2017), who use the zonal extent [75°W,5°W]. The PDO is captured
by the first principal component of the Pacific SSTs north of 20°N as originally proposed
by Mantua et al. (1997). The Southern Ocean Mode (SOM) index, proposed by Le Bars
et al. (2016) as a signature of the multidecadal variability in the Atlantic sector of the
Southern Ocean, is computed over the region [50°S,35°S]⇥[50°W,0°E]. The index regions
are outlined in the respective regression maps of Fig. 3.3. The indices are defined as the
13-year, second-order Butterworth low-pass-filtered monthly time series with the first and
last 7 years removed to avoid filter edge eﬀects.
To assess the spatial expression of the modes of multidecadal variability, we use regression
plots (Deser et al., 2010). The plotted regression values R are defined as the covariance of
the SST field and the normalized index X(t), where X = AMV, PDO, or SOM, according
to
cov(SST(x, y, t), X(t))
R(x, y) =
,
(3.3)
std(X(t))
such that R has units of temperature. The significance against a no-correlation null
hypothesis is tested with a two-tailed Student’s t-test. Because the time series are
autocorrelated and filtered, the eﬀective number of data points n0 is lower than the original
sample size n and can be estimated as the maximum of the reduced sample size due to
filtering and due to autocorrelation (Trenberth, 1984):
✓
◆
1 r1,X r1,Y
0
n = n ⇥ max f t,
,
(3.4)
1 + r1,X r1,Y
where r1,X (r1,Y ) is the lag-1 autocorrelation of time series X (Y ), f the filtering frequency,
and t the time step.
We analyze time series in the spectral domain with multi-taper spectra (Ghil et al., 2002).
This estimator of spectral density is superior to the classic periodogram in that it reduces
spectral leakage and is statistically robust; i.e., the estimated noise reduces with more data
points. However, as a trade-oﬀ the eﬀective spectral resolution is reduced which becomes
problematic at periodicities near the length of the time series. We therefore limit our
analysis to periodicities below 50 years when focusing on model–observation comparisons
but extend the range to 100-year periods for comparisons between the simulations. We
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use a bandwidth parameter of 2 and the number of tapers is three. To test significance
against a red noise null hypothesis (Hasselmann, 1976), we generate 10,000 Monte Carlo
first-order autoregressive (AR(1)) processes. The autocorrelation coeﬃcient and noise
amplitude are estimated with the maximum likelihood estimator via Kalman filtering
from the de-seasonalized and detrended but unfiltered monthly time series (Durbin and
Koopman, 2012).
Beyond analyzing spectral peaks above red noise null hypotheses, we quantify aspects
of the spectra by calculating the mean over the multidecadal and interannual timescales
as well as fitting a multidecadal spectral slope (Dee et al., 2017; Parsons et al., 2017).
We define multidecadal variability (‘MV’) and interannual to sub-decadal variability
(‘IV’) with periods between 10 and 50 years and 2 and 10 years, respectively. To avoid
overfitting to higher frequencies when calculating the means and slope, we use weighted
averaging and linear regression using the negative logarithm of the frequencies (and not
the estimated uncertainty at each frequency). We calculate the standard deviation of
the spectral mean based on the 95% jackknife confidence interval. We assume normally
distributed uncertainties in the logarithmic spectral power space and perform a weighted
root-mean square addition of the uncertainties in the frequency band implicitly assuming
independence. For the weighted linear regression we report the standard error. The MV
mean spectral power µM V serves as a direct comparison between spectra, while the MV/IV
ratio µM V /µIV speaks to the relative strength of variability between these two frequency
windows. The spectral slope indicates the relative strength of low-frequency spectral power
to high-frequency decadal power within the MV window. A negative spectral slope is
called ‘red’ with enhanced spectral power at low frequencies, a positive slope ‘blue’ with
less power at low frequencies, and a near-zero slope ‘white’ with approximately equal
power at all frequencies.
We define the zonally and vertically-integrated OHC anomaly, OHCv , as
Z Z
OHCv (y, t) = cp
⇢✓(x, y, z, t) dx dz,
(3.5)
where ✓ is the potential temperature, ⇢ the density, and cp = 3996 J kg 1 K 1 the seawater
heat capacity used in the CESM. The horizontally-integrated OHC anomaly OHCh (z, t) is
Z Z
OHCh (z, t) = cp
⇢✓(x, y, z, t) dx dy,
(3.6)
The HR-CESM temperature data have been interpolated to a 0.4°rectangular grid, and the
OHC calculations were performed on that grid. This interpolation introduces very little
error and enables the calculation of zonal integrals. The LR-CESM OHC is calculated
on the original displaced dipole grid and zonal integrals are performed along the grid
x-direction (so not along parallels in the high northern latitudes).

3.3 Results
The results are divided into four subsections: the first describes the variability in SST
by means of the chosen indices, the second focuses on the surface heat fluxes (SHF), the
third explores the spatial structure of multidecadal variability of the Ocean Heat Content
(OHC), and the fourth shows the consequences for the Global Mean Surface Temperature
(GMST).
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3.3.1 Sea surface temperature

3
Figure 3.2: The three 13-year low-pass-filtered indices of multidecadal variability for the
two-factor detrended HadISST data (a) and the quadratically detrended HR- (b) and LR-CESM
(c) simulations. Atlantic Multidecadal Variability (blue) and Southern Ocean Mode (red) indices
are in units of kelvin. The monthly time series of the Pacific Decadal Oscillation index (orange)
is dimensionless and has been scaled for a comparable amplitude to the AMV and SOM indices.
At each end of the time series, 7 years are removed to avoid filter edge eﬀects. Panel (d) shows
the standard deviation of the low-pass-filtered time series derived via stationary bootstrapping.
Grey squares indicate the alternative observational SST products COBE-SST2 and ERSSTv5.
For the PDO all three are equal; for the AMV and SOM, ERSSTv5 exhibits the highest standard
deviation.

Figure 3.2 shows the AMV, PDO, and SOM indices which all display variability at
multidecadal timescales (Fig. 3.2a–c). The AMV and SOM indices (in units of kelvin)
exhibit a smaller amplitude in the simulations than in the historical data (Fig. 3.2d).
The standard deviations are calculated via the stationary bootstrapping method to avoid
biases due to the diﬀerent time series lengths (Politis and Romano, 1994). Both AMV
and SOM amplitudes are higher in HR-CESM than in LR-CESM. The unfiltered monthly
PDO time series has unit standard deviation by construction. The PDO amplitude after
low-pass filtering (Fig. 3.2d) is larger in the observations than in the models. The COBE
and ERSST standard deviation estimates are included in Fig. 3.2d and the time series are
only shown in the Appendix Fig. 3.A.1. Prior to the satellite era there are discrepancies
between the observational SST indices, especially for the SOM index where the sparse data
and diﬀerent data integration approaches result in relatively large diﬀerences (Fig. 3.A.1).
Figure 3.3 shows the regression patterns of the detrended SST on the AMV, PDO, and
SOM indices for the detrended historical data (HIST) and the two simulations (HR- and
LR-CESM). For the AMV index, the regression pattern of the detrended historical SST
data shows a horseshoe shape with significant positive regression values throughout the
North Atlantic, with a maximum in the subpolar gyre and a secondary maximum in the
subtropical gyre. This is also the case for the COBE dataset, while the two maxima
are of the same magnitude in the ERSST data (Fig. 3.A.1). The regression patterns
of both HR- and LR-CESM simulations show a comparable pattern to the historical
data, albeit with lower regression values. Like the HadISST and COBE observations,
HR-CESM exhibits the strongest regression values in the subpolar gyre, while LR-CESM
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Figure 3.3: Regression maps (values of R(x, y) as in eqn. 3.3 in Kelvin) of the detrended
SST fields onto the AMV (a–c), PDO (d–f), and SOM (g–i) indices for the 149-year detrended
HadISST historical dataset (left) and the 250-year datasets of HR- (center) and LR-CESM
(right) simulations. Purple dashed lines demarcate the areas of significant correlations at the
98% level. Black boxes outline the index areas. Parallels and meridians are drawn every 30° and
60°, respectively. Note the diﬀerent color bar ranges.

shows more pronounced regression values in the subtropical gyre. LR-CESM exhibits
significant negative correlations inside the horseshoe pattern that are not present in the
historical observations or HR-CESM. In the historical data and the HR-CESM simulation,
regression values are smaller in magnitude outside of the North Atlantic, but the LR-CESM
simulation’s tropical Pacific exhibits positive correlation values exceeding those in the
North Atlantic. Both simulations show a significant ENSO/PDO-like regression pattern in
the Pacific and dipole structure in the Indian Ocean, whereas the historical data show only
largely non-significant positive correlations in the tropical Pacific and positive correlations
throughout the northern Indian Ocean. Overall, the areas of significant correlations are
larger in LR-CESM than in both the HR-CESM simulation and the historical data. This
suggests possible teleconnections between the Indian and Pacific basins and the Atlantic
basin at multidecadal timescales especially in LR-CESM, but such correlations are not
significant in observations of North Pacific and North Atlantic SSTs (Steinman et al.,
2015). The insignificance of the correlations in the observations may be a sign of absent
teleconnections but could also be due to a host of other reasons. These include, for
example, sparse early observations, the signal being removed by the (necessarily imperfect)
detrending approach, or a non-stationary nature of teleconnections, as suggested for
tropical-mode variability by Cai et al., 2019.
The PDO regression pattern is characterized by negative values in the Kuroshio extension
and positive values in an enclosing horseshoe pattern to the east. The three observational
datasets show very similar patterns where the minimum is located east of the dateline
and significant positive values exist in the eastern tropical Pacific (cf. Figs. 3.3 and
3.A.1). Weaker negative (positive) regression values exist in the southwest Pacific (the
Bellingshausen Sea). The simulations show largely similar patterns, although the minima
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in the Kuroshio extension area are shifted west of the dateline, especially so in LR-CESM.
The historical data show uniformly positive correlations in the Indian Ocean, where both
simulations display a dipole pattern which is more pronounced in LR-CESM. All PDO
patterns exhibit positive values in the tropical Pacific, but the LR-CESM regression
values are closer to those of the historical data. In LR-CESM, a large area of significant
correlations in the tropical Atlantic exists that is absent in both the observations and
HR-CESM.
The SOM index regression pattern shows a coherent pattern spanning much of the Southern
Ocean at significant levels in the HadISST data with maximum values in the SOM region
and a secondary maximum north of the Kerguelen Plateau in the west Indian Ocean
sector of the Southern Ocean. In both COBE and ERSST data, the areas of significant
correlations are smaller (cf. Figs. 3.3 and 3.A.1). Both simulations exhibit these two
positive-value areas, and whereas the HR-CESM simulation’s correlation values are closer
to those of the historical SST data, both feature a more azonal pattern with negative
values in the eastern Weddell Gyre. All patterns exhibit negative regression values in the
tropical Pacific, but only the simulations feature this structure at significant levels and
then as part of a larger South Pacific horseshoe shape pattern that extends south to the
Bellingshausen Sea; there, slightly negative values occur in the observations as well. The
LR-CESM simulation’s area of significant correlations extends further into the Northern
Hemisphere, especially in the Pacific.
Figure 3.4 shows the spectral power of the unfiltered monthly AMV, PDO, and SOM
index time series. Again, the historical indices cover 149 years, while the simulated ones
cover 250 years, resulting in diﬀerent spectral resolutions. We show the spectra up to
a period of 50 years but note that the spectral estimate of the historical indices is less
reliable at low frequencies because of the shorter time series length compared to the model
estimates. Most previously published spectral analyses of the North Atlantic observed
temperatures find significant periodicities around 50-70 years, but almost all remove a
linear trend only, which distorts the signal (Steinman et al., 2015). Longer proxy data
records reveal significant multidecadal variability around the North Atlantic from sources
including Greenland ice cores (Chylek et al., 2011), tree rings (Gray et al., 2004), sediments
(Knudsen et al., 2011), or a combination of proxies (Delworth and Mann, 2000; Wang
et al., 2017). Paleo-reconstructions have also been performed of the PDO (D’Arrigo et al.,
2001; MacDonald and Case, 2005; Felis et al., 2010; O’Mara et al., 2019).
In the detrended observations, significant (99%) spectral power for all three indices occurs
at periodicities above 40 years. The PDO signal also extends beyond the red noise (95%) at
periods of about 20 years. Between the three observational datasets, the PDO spectra are
almost identical and the AMV spectra diﬀer slightly in non-significant ways, but the SOM
spectra are quite diﬀerent (Fig. 3.A.1). The COBE dataset shows more MV spectral power
than HadISST with 99%-significant power above 30 years, and the ERSST dataset exhibits
more power at all frequencies than the other two datasets with 99%-significant power
above 25 years. In HR-CESM, significant spectral power peaks only exist at 40-50 years
for the AMV index (>95%), around 13-15 and 20-25 years for the PDO index (>99%), and
around 15 years (>95%) and above 40 years (>95%) for the SOM index. The LR-CESM
indices exhibit no significant MV spectral power for either the AMV or SOM indices and
the red noise null hypothesis cannot be rejected at the 95% level, and only the PDO
index has a significant spectral peak (95%) at 16 years. The quantitative measures of the
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Figure 3.4: Multi-taper spectral estimates of the unfiltered monthly SST indices (blue)
underlying the filtered time series of Fig. 3.2. Panels (a–c) show the AMV, (d–f) the PDO,
and (g–i) the SOM index spectra for the two-factor detrended 149-year HadISST dataset (left)
and the 250-year HR- and LR-CESM simulations (center and right, respectively). The units
of the spectral power are [K2 yr] for the SST average AMV and SOM indices and [yr] for the
dimensionless PDO index. As a null hypothesis, 10,000 AR(1) processes were simulated to
estimate the 95% and 99% red noise confidence interval (solid and dashed orange lines). The
purple line is a linear fit to the spectral slope in the multidecadal variability (MV; 10-50 years)
band. The horizontal green and red lines represent the mean spectral power µ in the MV and the
interannual (IV; 2-10 years) bands, respectively. Numbers refer to M V and its standard error
(purple) and the decadic logarithm of µM V /IV and their standard deviations (green and red).
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spectra in the MV and IV bands include the MV spectral slope M V (purple), the mean
MV spectral power µM V , and the MV/IV mean power ratio µM V /µIV . For all indices,
µM V /µIV is larger in HR- than in LR-CESM and in the case of AMV and SOM closer
to the historical indices. Both µM V and µM V /µIV of the AMV are much larger and the
spectral slope is much redder in the detrended historical data than in the simulations. The
PDO historical and HR-CESM M V are red (negative), while they are white (near-zero)
in LR-CESM. The SOM M V of HR-CESM is redder than that of LR-CESM and thus
closer to the slope of the historical SOM index.

3.3.2 Surface heat fluxes
Figure 3.5 shows the time series and spectra of the surface heat flux (SHF) into the
global ocean as well as into the major ocean basins. The global ocean (black) includes
all ocean basins and marginal seas, the Atlantic Ocean (blue) is bounded in the north by
the Labrador Sea and extends to Iceland, the Pacific (orange) extends up to the Bering
Strait, while our Southern Ocean (red) is located south of the parallel at Cape Agulhas
at 34°S (inset map in Fig. 3.5b). For global as well as Atlantic and Pacific heat fluxes,
the LR-CESM spectra show enhanced power around 4 and 8 years which is due to a
strong and regular ENSO in this simulation (Fig. 3.5c/d). In the MV band in Fig. 3.5d,
HR-CESM exhibits equal or larger SHF variability than LR-CESM with the exception
of the Atlantic. In particular, the Southern Ocean shows enhanced MV spectral power
µM V , and at lower frequencies than the 50-year MV cutoﬀ, all basins and the global SHF
exhibit larger spectral power. The µM V /µIV ratio is larger and the M V is redder globally
and for all basins for HR- than for LR-CESM.

3.3.3 Ocean heat content
The basin-scale ocean heat content (OHC) changes are largely determined by surface heat
fluxes while horizontal heat divergences play a minor role. The strong multidecadal surface
heat flux variability motivates the investigation of the structure of OHC anomalies in this
section. Long reconstructions of the OHC exist for the industrial period (1870-2015; Zanna
et al. (2019)) and even the Common Era (15-2015; Gebbie and Huybers (2019)), but they
lack the detail that we aim to investigate here so that we compare model data only.
The first two columns of Figure 3.6 are Hovmöller diagrams of 13-year low-pass-filtered
zonally and vertically-integrated OHC anomalies, OHCv (y, t) (Eq. 3.5). The last column
in Figure 3.6 shows the standard deviation of the 13-year low-pass-filtered anomalies as
a function of latitude. Almost everywhere the variability as measured by this standard
deviation is higher in HR-CESM than in LR-CESM. The first row shows the global
signal which also captures the Southern Ocean signal south of 34°S (marked by the green
line). In the HR-CESM Southern Ocean signs of the SOM can be seen with north- and
southward-propagating anomalies; these are absent in LR-CESM. The Atlantic behavior is
qualitatively similar between HR- and LR-CESM with southward-propagating anomalies
between 40°N and 10°N, although the anomaly amplitude is larger in HR-CESM. Both
simulations further show meridionally coherent anomalies south of 10°N in the Atlantic, a
pattern seen in observed OHC (Häkkinen et al., 2015). On the other hand, in the Pacific
remarkable diﬀerences exist: only in the HR-CESM OHC anomaly, signals propagate
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Figure 3.5: Time series for the 13-year low-pass-filtered surface heat fluxes (SHFs) into the
global (black; equals thick solid line of Fig. 3.1), Atlantic (blue), Pacific (orange), and Southern
(red) oceans for the HR- (a) and LR-CESM (b) simulations. The inset global map defines the
three major ocean basins. Panel (c) shows the multi-taper spectral estimates of the unfiltered
but quadratically detrended time series. The spectral slopes in the multidecadal variability
band (MV; 10-50 years) are shown as purple lines. The spectral power means of the MV and
interannual (IV; 2-10 years) bands are shown in panel (d). The estimated standard deviations
are shown as error bars shifted left (right) of the center for HR-CESM (LR-CESM). For visual
clarity, the spectra were separated vertically by multiplying them by constant factors; these shifts
are indicated by vertical lines in (c).
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equatorward around 30°N, imprinting on the global pattern as diagonal ridges (compare
subplots (g)&(a) with (h)&(b)). This is also visible to a lesser extent in the South Pacific
just north of 30°S. In the equatorial Pacific, the unrealistically strong LR-CESM ENSO
signal is filtered out by the 13-year low-pass filter. However, compared to the HR-CESM
OHCv , the diﬀerence is reduced between the tropical and extratropical low-frequency
spectral power as revealed by the standard deviations. The Atlantic and Pacific peaks at
northern midlatitudes are shifted equatorward in HR-CESM compared to LR-CESM due
to a better representation of the western boundary current separation.
Figure 3.7 shows 13-year low-pass-filtered Hovmöller diagrams of the horizontally-integrated
OHC anomalies, OHCh (z, t) (Eq. 3.6). Globally and in the individual ocean basins, HRCESM exhibits stronger and deeper OHC variability than LR-CESM. The global OHCh
anomalies on multidecadal timescales are dominated by those in the upper 1200 m
(Fig. 3.7c). The HR-CESM global multidecadal signal below the mixed layer is made up,
in approximately equal parts, of the Atlantic, Pacific, and Southern Ocean components, as
they exhibit similar magnitudes in their OHCh standard deviations. In LR-CESM, the
global anomalies are dominated by those in the Pacific. The Atlantic HR-CESM OHCh
anomaly standard deviation shows a pronounced peak between 400 and 1500 m depth. In
the Pacific, the variability is larger between 200 and 1500 m in HR-CESM. In the upper
1000 m, the anomalies propagate quickly downwards in the Atlantic but are slower in the
Pacific. At Pacific depths below 1000 m, a very slow downward propagation of anomalies
is visible in HR-CESM that is absent in LR-CESM. The faster vertical propagation of heat
anomaly signals in the Atlantic compared to the Pacific can be explained by the presence
of the North Atlantic downward branch of the meridional overturning circulation (Buckley
and Marshall, 2016). In the Southern Ocean, large diﬀerences are evident: the HR-CESM
multidecadal variability is much stronger and extends to the full depth as opposed to the
LR-CESM variability that is weaker at all depths, in correspondence with results in Le
Bars et al. (2016). The SOM index (Fig. 3.2) correlates very well with Southern Ocean
surface OHCh signal.

3.3.4 Global mean surface temperature
The multidecadal global mean surface temperature (GMST) evolution is a consequence of
the heat flux convergence in the atmosphere as energy is exchanged through the sea surface
with the oceans and through the top of the atmosphere with outer space. Figure 3.8
shows the time series and spectral estimates of the GMST. At periods around 4 years, the
LR-CESM ENSO that is too strong (as extensively analyzed in Wieners et al. (2019)),
Figure 3.6 (following page): The 13-year low-pass-filtered zonally and depth-integrated OHC
anomalies (OHCv (t, y) of Eq. (3.5)) as Hovmöller diagrams of the HR- (left) and LR-CESM
simulations (center), respectively. The top row shows the globally-integrated OHC anomaly
(which includes the Southern Ocean signal south of 34°S, demarcated with the green line in the
first row), while the lower rows show the individual ocean basins. The Equator is marked with
a thin dashed line. The right column shows the standard deviation in time of the zonally and
depth-integrated OHC (solid: HR-CESM; dashed: LR-CESM). The LR-CESM latitude values are
averaged along the grid x-coordinate, such that north of 60°N they do not exactly represent the
true latitudes. Note the diﬀerent color scale ranges of each row with units of PJ/m = 1015 J/m.
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leads to a larger interannual variability in the GMST time series and manifests itself
as a peak of the GMST spectral signal. At multidecadal timescales (beyond periods of
13 years), the integrated spectral power in HR-CESM is higher than in LR-CESM, but
for periodicities at 35-60 years the LR-CESM GMST spectral power is higher than that
of HR-CESM. The spectral power of the two-factor detrended historical GMST data lies
between both simulations at sub-decadal timescales, agrees well with both simulations at
(inter-) decadal timescales, and exceeds both simulations at periods above 30 years. The
MV mean spectral power µM V of the HR-CESM is higher than from LR-CESM and closer
to the estimate from the detrended historical GMST. The µM V /µIV ratio of HR-CESM
is similar to the historical estimate and both are much larger than for LR-CESM, which
even exhibits higher IV than MV power. The spectral slope M V , however, is less red for
HR-CESM than for LR-CESM, which is a result of the low LR-CESM spectral power
between 16 and 24 years (which is also expressed in the large standard error of the slope
estimate).

3.4 Summary and Discussion
We investigated the eﬀect of ocean model resolution on multidecadal variability by contrasting two multi-century simulations with the Community Earth System Model: one
with a non-eddying ocean typical of the CMIP5 models (LR-CESM) and one with a
strongly-eddying ocean (HR-CESM). The enhanced horizontal ocean model resolution
allows for more detailed features of the circulation with many documented improvements,
such as better representation of boundary currents, sea surface temperature (SST), air–sea
exchanges, and internal variability of both high and low frequency relative to the lifetimes
of mesoscale ocean eddies. In particular, we focused on three modes of multidecadal SST
variability: the Atlantic Multidecadal Variability (AMV), the Pacific Decadal Oscillation
(PDO), and the Southern Ocean Mode (SOM). We find that these modes of multidecadal
variability are more pronounced in the HR-CESM simulation than in the LR-CESM simulation (Fig. 3.2) and compare more favorably to observations both in regression patterns
(Fig. 3.3) and spectral properties (Fig. 3.4). At multidecadal timescales, stronger surface
heat fluxes are associated with this larger SST variability (Fig. 3.5). The integrated ocean
heat content (OHC) signal varies more strongly in HR-CESM than in LR-CESM and
anomalies extend to greater depths (Figs. 3.6, 3.7). However, while the integrated spectral
power of the global mean surface temperature (GMST) at multidecadal timescales is larger
in HR- than in LR-CESM, there are frequencies at which the LR-CESM GMST variability
is larger (Fig. 3.8). For all analyzed quantities the µM V /µIV ratio is larger for HR-CESM
than for LR-CESM, and generally, the spectral slopes M V are redder and MV mean
spectral µM V power higher in HR- compared to LR-CESM. As HR-CESM is consistently
Figure 3.7 (following page): The 13-year low-pass-filtered horizontally-integrated OHC
anomalies (OHCh (t, y) of Eq. (3.6)) as Hovmöller diagrams of the HR- (left) and LR-CESM
(center) simulations, respectively. The diﬀerent rows show the global, Atlantic, Pacific, and
Southern Ocean integrals over time. Note the change in depth scale at 1500 m. The right column
shows the standard deviation in time of horizontally-integrated OHC (solid: HR-CESM; dashed:
LR-CESM), calculated similarly as in Fig. 3.6. Units are in EJ/m = 1018 J/m.
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Figure 3.8: Time series of the detrended annual global mean surface temperature (a–c; thin
lines) and the 13-year low-pass-filtered time series (thick lines). Multi-taper spectral estimates
from the time series (d; solid lines) with the fitted spectral slopes M V between 50 and 10 years
(dashed). The slope estimates and their standard error are written in the lower left corner
of panel (c). Panel (e) shows the mean spectral power in the multidecadal (10-50 years) and
interannual (2-10 years) bands with the standard deviation estimates as error bars.
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closer to observational estimates, we conclude that non-eddying coupled climate models
potentially systematically underestimate low-frequency variability. From the analyzed HRand LR-CESM simulations, we conclude that representing mesoscale eddies in the CESM
leads to enhanced multidecadal variability.
In the Atlantic, an improvement in the simulation of the AMV pattern is evident in
HR-CESM compared to LR-CESM (Fig. 3.3a–c). While the overall AMV pattern is
similar in observations and model simulations, the HR-CESM subpolar maximum in the
regression patterns matches the detrended observations in contrast to LR-CESM with
its subtropical maximum. Due to the specifics of our detrending approach, the historical
regression pattern looks somewhat diﬀerent from Deser et al. (2010), especially outside
the North Atlantic. In particular, the pattern shows a statistically significant positive
correlation in the northwestern tropical Pacific that is not evident in the regression pattern
of Deser et al. (2010). The AMV spectra also show that the HR-CESM simulation
performs better compared with the historical SST data by showing significant power at
multidecadal periodicities against the red noise null hypothesis, while the spectral estimate
of the LR-CESM AMV signal fails to reject this null hypothesis (Fig. 3.4). In the CESM
Large Ensemble control and historical simulations, which use CESM in the LR-CESM
configuration, Kim et al. (2018) also find reduced MV spectral power in the AMV index
compared to historical estimates. While the magnitude of OHC variability is larger in
HR-CESM, the meridional and depth structures of the Atlantic OHC variability are
similar between HR- and LR-CESM (Figs. 3.6d–f 3.7d–f). This suggests that the Atlantic
Meridional Overturning Circulation eﬀects on the OHC variability are captured with
the coarse resolution in agreement with earlier studies (Delworth et al., 1993; Delworth
and Mann, 2000) providing support for physical mechanisms of the AMV deduced from
idealized models which are independent of mesoscale variability (Te Raa and Dijkstra,
2002). Increasing the resolution can still improve the AMV relative to observations by
reducing ocean mean state biases (Jüling et al., 2021b), in particular the representation of
the Gulf Stream and of deep water formation.
We use the PDO index to capture Pacific low-frequency variability and the resulting
regression patterns are similar between observations and simulations (Fig. 3.3d–f). The
spectral estimates of both the historical PDO and simulated ones extend beyond the 95%
confidence interval interdecadal timescales around 20-year periodicity. The LR-CESM
simulation exhibits too strong and regular an ENSO signal (Wieners et al. (2019); visible,
e.g., in Fig. 3.5c), and the low-frequency Pacific OHCv standard deviation is relatively
larger in the tropics than the extratropics compared to HR-CESM (Fig. 3.5i). That the
PDO partly comprises a low-frequency ENSO signal is visible in the strong tropical Pacific
regression maximum in LR-CESM. With the better representation of the western boundary
currents in HR-CESM, in particular the Kuroshio, there are qualitative diﬀerences in
the meridional structure of the Pacific OHC anomaly propagation: around 30°N, and
to a lesser degree around 30°S, equatorward propagation is evident in HR-CESM while
meridionally coherent anomalies appear in LR-CESM (Fig. 3.6).
The representation of the Antarctic Circumpolar Current in the Southern Ocean changes
dramatically between HR- and LR-CESM due to the presence of mesoscale eddies. The
multidecadal SHF variability is much enhanced in the strongly-eddying HR-CESM compared to the non-eddying LR-CESM (Fig. 3.5). Ocean heat anomalies also penetrate
much deeper into the Southern Ocean, suggesting a crucial diﬀerence between explic-
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itly simulated mesoscale eddies and their parametrization in advecting heat downward
(Fig. 3.7). In HR-CESM, the SOM is visible in the meridional structure with northand southward-moving anomalies, while anomalies simply converge on 45°S in LR-CESM
(Fig. 3.6). The presence of the SOM is expected in the HR-CESM simulation as it is
thought to be caused by the interaction of mesoscale eddies and the mean flow (Hogg and
Blundell, 2006; Le Bars et al., 2016; Jüling et al., 2018). However, the SOM regression
patterns of the HR- and LR-CESM simulations are more similar to one another than to
the observations with a more azonal, circumpolar wavenumber-3 pattern and stronger
correlations extending into the South Pacific (Fig. 3.3g–i). However, the pattern in the
HadISST dataset is likely to be biased due to the limited number of observations in this
region, in particular prior to satellite observations.
That strongly-eddying climate models should simulate an increase in multidecadal variability relative to higher-frequency variability is not immediately obvious as mesoscale eddies
have relatively short lifetimes and small spatial scales. Multiple mechanisms through
which mesoscale eddies can generate multidecadal variability have been alluded to in the
introduction, such as eddy–mean-flow interactions (Hogg and Blundell, 2006; Berloﬀ et al.,
2007a), the changes to the stratification introducing memory (Manucharyan et al., 2017),
or the modification of conditions for convection (Dufour et al., 2017). Furthermore, only
eddying models are capable of simulating observed high-frequency variability correctly
(Penduﬀ et al., 2011), where an ‘inverse temporal cascade’ is important for the shift of
variance from high to low frequencies. Any mechanism, involving eddies or not, leading
to such a cascade thus requires a source of spectral energy at high frequencies, which
can be provided by the eddies. It is beyond the scope of this study to analyze the exact
mechanisms at play in HR-CESM, but it will be the subject of further study.
Naturally, the comparison between observations and model results is fraught with challenges, not least of which is the choice of an appropriate detrending procedure. The
inadequate removal of the forced signal in the observations leads to biased regression
patterns (Brown et al., 2015). In the model simulations the forcing is held constant
and there is only a modest model drift to detrend (Fig. 3.1), for which we chose to a
second-order polynomial. The observations are based on the climate system’s response to
non-stationary forcing and we chose the scaled multi-model mean approach (Frankcombe
et al., 2015). Here the detrending signal is derived from the multi-model mean of the
CMIP5 models which are biased in their own ways and have diﬀerent relative climate
sensitivities to diﬀerent forcings. Also, the external forcing prescribed in the CMIP5
models is in itself uncertain and hence may alter the relative contribution due to external
forcing and internal variability. Furthermore, the atmospheric grid spacing is refined from
1° in LR-CESM to 0.5° in HR-CESM. However, no new essential atmospheric processes
are resolved, so no significant changes are expected apart from coupling to diﬀerent ocean
boundary conditions.
These caveats do not detract from our main point which is to emphasize that low-frequency
variability may be underestimated in climate models with low-resolution ocean model
components and that representing mesoscale eddies in climate models can improve the
simulation of this variability. Of course, we showed this here only for the CESM but
expect the improvement of multidecadal variability to be generalizable to other coupled
climate models, as some of the features like enhanced vertical heat transport are consistent
with results obtained with other models (Griﬃes et al., 2015). The introduction of
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high-frequency variability through mesoscale ocean features and the reduced ocean state
bias can further improve the simulations’ multidecadal variability skill. Certainly, better
eddy parametrizations may improve shortcomings of the traditional Gent–McWilliams
approach (Zanna et al., 2017). Recently, Mann et al. (2020) claimed an absence of
evidence for multidecadal oscillations in CMIP5 models, defined as spectral peaks above
a null hypothesis, but all these models use non-eddying ocean components. As most
CMIP6 models outside the High Resolution Model Intercomparison Project (HighResMIP,
Haarsma et al. (2016)) still use non-eddying ocean components, not much improvement is
expected in the representation of multidecadal variability in these models compared to
CMIP5 models.
Internal variability obscures any forced GMST signal, and periods of accelerated and
decelerated warming are observed, such as the recent warming trend slowdown (Medhaug et
al., 2017). Many studies use global climate models with coarse-resolution ocean components
to investigate, for example, the origin of these so-called hiatuses (e.g., Maher et al. (2014)).
In light of our findings, estimates of the frequency and magnitude of excursions from
the forced trend may be systematically low biased in low-resolution models, as internal
multidecadal variability is underestimated. The increased internal variability also implies
that the attribution of forced signals becomes more diﬃcult and the issue of the origin of the
recent warming trend slowdown may therefore never be satisfactorily resolved (Hedemann
et al., 2017). Finally, our finding of stronger than previously modeled multidecadal OHC
variability underlines the necessity of continued, long-term observations of the oceans with
the Argo program.

Appendix
3.A Other observational datasets
In the main text we use only the HadISST SST dataset. Figure 3.A.1 shows the index
time series, their spectra, and regression patterns based also on the COBE-SST2 and
ERSSTv5 products. All data are based on de-seasonalized and two-factor detrended
monthly time series in the period 1870-2019. For the time series of all three indices,
the agreement improves in time as more observations are available; the time series from
the diﬀerent observational datasets are well correlated from the 1980s when satellite
observations became available. The AMV time series and spectra exhibit minor diﬀerences;
no significant spectral peaks are added or removed. The PDO spectra are almost identical,
except that both the COBE and ERSST dataset show 95%-significant spectral power
above 25 years where HadISST only shows that above 35 years. The SOM time series and
spectra diﬀer the most, as one would expect due to the sparsity of observations prior to
the satellite era. The COBE dataset exhibits more MV spectral power than HadISST,
and the ERSST dataset exhibits more spectral power than the other datasets in both
the interannual and multidecadal bands. As a result also the significance levels are very
diﬀerent and both COBE and ERSST show significant spectral power at higher MV
frequencies than HadISST.
The regression patterns are overall similar between the observations, but areas of significant
correlations outside the index areas change slightly. The AMV regression pattern of ERSST
shows two equal correlation maxima in the North Atlantic while both HadISST and COBE
exhibit a stronger maximum in the subpolar gyre. The PDO regression patterns are very
similar as expected as the time series and spectra are almost identical as well. The SOM
patterns diﬀer the most, but mostly regarding the areas of significant correlations in the
Southern Ocean outside the Atlantic sector.
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Figure 3.A.1: Comparing results from three SST products: HadISSTv2 (as in main text),
COBE-SST2, and ERSSTv5. Panels (a–c) show the SST indices like Fig. 3.2, (d–f) the spectra
like Fig. 3.4, and (g–o) regression patterns like Fig. 3.3. The time series plots show both the
monthly (thin) and 13-year low-pass-filtered (thick) de-seasonalized and two-factor detrended
time series. For each of the multi-taper spectral estimates, 10,000 AR(1) processes have been
simulated to provide a 95% (dashed) and 99% (dotted) significance estimate. The regression
maps show the correlation coeﬃcient of the monthly de-seasonalized and detrended SST data
with indices. The index areas are marked by black rectangles, and areas of 98% correlation
significance are enclosed by purple dashed lines.

4
The Energetics of the Southern Ocean Mode
Recently, multidecadal variability in the Southern Ocean has been found in a stronglyeddying global ocean circulation model. In this Chapter, we study the Lorenz Energy
Cycle (LEC) of this so-called Southern Ocean Mode (SOM). The LEC analysis provides
details on the energy pathways associated with the SOM. It shows that ocean eddies and
the baroclinic energy pathway together with variations in the kinetic energy input by the
wind are crucial aspects of the variability. It is also shown how convective mixing, which
is induced by the SOM in particular in the Weddell Gyre, is responsible for the large-scale
multidecadal variability in Antarctic Bottom Water and Atlantic Meridional Overturning
Circulation.

This Chapter is published as:
A. Jüling, J. P. Viebahn, S. S. Drijfhout, and H. A. Dijkstra (2018). “Energetics of the
Southern Ocean Mode”. In: Journal of Geophysical Research: Oceans 123.12, pp. 9283–
9304. doi: 10.1029/2018jc014191
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4

The Southern Ocean is an important component in the climate system as it is the world’s
most biologically productive ocean and a significant sink for both heat and CO2 (Mayewski
et al., 2009). The strong westerly winds over this region drive the Antarctic Circumpolar
Current (ACC) and are also involved in driving the Atlantic Meridional Overturning
Circulation (AMOC). In fact, the coldest and densest water mass, the Antarctic Bottom
Water (AABW) is produced here (Gordon, 1982).
Although the instrumental record is relatively sparse on Southern Ocean properties, sea
surface temperature (SST) records indicate low-frequency variations, i.e. on decadal-tocentennial time scales. For example, the Southern Ocean Centennial Variability (SOCV)
index, which is the zonally and 50°S-70°S averaged SST anomaly (Latif et al., 2013), shows
a minimum around 1930 and maxima near 1880 and 1975. During the second maximum
of the SOCV, also the Weddell Polynya, a large area free of sea ice, appeared (Gordon,
1978). This polynya did not appear again until very recently indicating also the presence
of variability on decadal-to-multidecadal time scales (Latif et al., 2017).
Many modelling studies have been carried out to understand what causes this low-frequency
variability in the Southern Ocean. Pronounced centennial variability was found in a 1,500year-long simulation with the Kiel Climate Model (KCM) using present-day mean forcing
conditions (Park and Latif, 2008; Latif et al., 2013). Analysis revealed that convection in
the Weddell Sea is crucial for this variability with responses on sea-ice extent and AMOC
in turn aﬀecting the heat transport in the Southern Ocean (Martin et al., 2013). Such
low-frequency variability was also found in long control simulations of the GFDL CM2.1
model (Delworth and Zeng, 2012) and the HadCM3 model (Jackson and Vellinga, 2013).
In all of these model studies, the horizontal resolution of the ocean component is not
suﬃcient to represent ocean eddies. It is known, however, that eddies have a major eﬀect
on the momentum and heat transport in the Southern Ocean (Gent, 2016). Dufour et al.,
2017 showed that in a strongly-eddying ocean model configuration periodic convection can
occur, whereas quasi-continuous convection was found in a coarse resolution configuration
(0.1° vs. 0.25° grid spacing), due to the mesoscale eddies’ restratifying eﬀects. It is
expected then that also the low-frequency variability in ocean models is aﬀected by their
capability of representing eddies. To study this problem, long interval simulations with
high-resolution models are necessary. Such simulations have now been performed (Maltrud
et al., 2010) and have proven to realistically produce many features of the oceanic general
circulation.
Recently, output from a 326-years simulation with a strongly-eddying (a horizontal grid
spacing of 0.1°) version of the Parallel Ocean Program (POP) revealed multidecadal (40-50
year) spatio-temporal variability in the Southern Ocean (Le Bars et al., 2016), termed the
Southern Ocean Mode (SOM). Although the spatial pattern of the SST anomalies spans
the full Southern Ocean, large-scale anomalies occur in the Weddell Sea area. The SOM
cannot be validated from the instrumental record, but if it exists it should have many
teleconnections to variability elsewhere. As such, the SOM has recently been suggested to
influence variability of the North Brazil Current through the propagation of Rossby waves
(van Westen and Dijkstra, 2017).
A first description of the mechanisms of the SOM was presented in Le Bars et al., 2016. It
was shown that the changes in overall potential and kinetic energy in the region south of
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30°S (associated with the SOM) could be linked to a dynamical mechanism described by
Hogg and Blundell, 2006 who used an idealized quasi-geostrophic model. In particular,
eddies are thought to be crucial for the existence of the SOM, because the SOM does not
appear in a global 1° horizontal grid spacing version of POP. However, the role of the
eddies was not made explicit in the analysis of Le Bars et al., 2016. On the other hand, it
was shown that the peak-to-peak anomaly in global ocean heat content associated with
the SOM is about 60 ZJ which may make it a highly relevant for climate variability. It
is therefore important to understand the physical mechanism of the SOM in more detail
than presented in Le Bars et al., 2016.
A next step to analyse the multidecadal SOM variability is to investigate the eddy–mean
decomposed Lorenz Energy Cycle (LEC). For the atmosphere, the LEC has been proven to
be a useful concept for analysing dynamical processes (Lorenz, 1955). It is well accepted
that the atmosphere works as a heat engine that operates between warm sources at low
latitudes near the surface and cold sinks at high latitudes in the upper atmosphere, thereby
converting thermal energy into mechanical energy in order to maintain the kinetic energy
of the circulations against a continuous drain of energy by frictional dissipation (Oort and
Peixóto, 1983). However, the detailed quantitative description of the oceanic energy cycle
is still in the beginning and many uncertainties remain (Ferrari and Wunsch, 2009), the
main diﬃculty being the limited temporal and spatial coverage of oceanic observations.
Recently, an LEC analysis has been performed on global strongly-eddying ocean models
(von Storch et al., 2012; Wu et al., 2017), where only the time-mean energy compartment
content and conversions were considered. In the Max Planck Institute ocean model (with
0.1° horizontal grid spacing), von Storch et al., 2012 show that globally about 6.6 TW of
energy is generated, of which 4.1 TW by the wind stress. The largest energy conversion
mechanism (about 0.75 TW) is the baroclinic pathway, which is facilitated both by the
buoyancy flux and the wind stress, the latter through upwelling. Wu et al., 2017 use
the LEC analysis to understand the response of their model (the MITgcm at about 0.2°
horizontal grid spacing) to changes in the surface winds stress. The latter problem is also
studied in Hogg et al., 2017 using results from a GFDL CM2.5 model (horizontal grid
spacing about 0.25°) simulation (Griﬃes et al., 2015). An overall energy analysis, where
the reference minimum potential energy state is determined from the density field, was
performed.
In addition to periodic changes in the energy components of the LEC, open ocean convection
in the Weddell Gyre is seen in the POP simulation co-oscillating with the SOM. Open
ocean convection is a feature of many CMIP5 models (Heuzé et al., 2013), however, the
regularity suggests a link to the SOM mechanism. This is particularly interesting in light
of the recently observed Weddell Polynya in 2016-2017 which returned some four decades
after it was first observed in 1973-1974 (Scambos et al., 2018).
This Chapter is focussed on understanding the multidecadal variability in the Southern
Ocean associated with the SOM and extends previous LEC studies precisely in the aspect
of low-frequency variability. Section 4.2 provides a brief description of the model setup and
the POP simulation which displays the SOM. It further details the multidecadal variability
found in the strongly-eddying POP simulation. Section 4.3 presents the formulation
of the LEC and discusses convection in the LEC framework. Section 4.4 characterizes
the temporal and spatial variability of the four major energy reservoirs, their associated
generation terms, and the energy exchanges between the reservoirs. A description of
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the mechanism of the SOM is provided in Section 4.5 and the Chapter concludes with a
summary and discussion in Section 4.6.

4.2 Intrinsic multidecadal ocean variability
In this study, we continue the investigation of output of a strongly-eddying global ocean
model simulation, previously presented in Weijer et al., 2012 and Le Bars et al., 2016.

4.2.1 Model simulation

4

The global ocean simulation is performed using the Parallel Ocean Program (POP)
(Dukowicz and Smith, 1994) developed at Los Alamos National Laboratory. The stronglyeddying configuration of POP is based on that used by Maltrud et al., 2010, with an average
0.1 horizontal grid spacing and 42 vertical levels. The atmospheric forcing of the model is
based on the repeat annual cycle (normal year) Coordinated Ocean Reference Experiment
(CORE, see http://www.clivar.org/organization/wgomd/core) forcing data set (Large
and Yeager, 2004), with 6-hourly forcing averaged to monthly. Wind stress is computed
oﬄine using the Hurrell Sea Surface Temperature (SST) climatology (Hurrell et al., 2008)
and standard bulk formulae. Evaporation and sensible heat flux were calculated online
using bulk formulae and the model calculated SST. Precipitation was also taken from the
CORE forcing data set. Sea ice cover was prescribed based on the 1.8 C isotherm of
the SST climatology (the sea ice fraction increases linearly to 100% between 0.8 C and
1.8 C), with both temperature and salinity restored on a timescale of 30 days under
diagnosed climatological sea ice. The salinity restoration is intended to mimic sea ice
processes such as brine rejection and melt. While the momentum transfer is not aﬀected
by the presence of sea ice, the heat flux (calculated assuming no sea ice) is multiplied by a
factor of (1 sea ice fraction).
The initial conditions are the final state of a 75 years spin-up simulation described in
Maltrud et al., 2010 with restoring conditions for salinity. The freshwater flux was
diagnosed during the last 5 years of this spin-up simulation, and the simulation presented
in Le Bars et al., 2016 applies this diagnosed freshwater flux and no restoring of salinity
is used. The model configuration and simulation procedure is discussed in detail in the
supplementary material of Weijer et al., 2012. The POP simulation analysed in Le Bars
et al., 2016 used 251 years of data. Over the last 51 years of this simulation (model years
276-326) the terms of the mechanical energy budget for primitive equations (following
von Storch et al., 2012, see below) are written out and used for analysis.

4.2.2 The Southern Ocean Mode
As presented in Le Bars et al., 2016, the 0.1 POP simulation exhibits a mode of intrinsic
multidecadal variability, the so-called the Southern Ocean Mode (SOM), which is localized
in the Southern Ocean, between the South Atlantic and the Weddell Gyre. This spatiotemporal variability has a period of 40-50 years and the peak-to-peak diﬀerence in global
ocean heat content within a multidecadal cycle is up to 60 ZJ. This change results from
surface heat flux variations in the Atlantic sector of the Southern Ocean and propagation
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of temperature anomalies along the Antarctic Circumpolar Current (ACC) and into the
Weddell Gyre around 30 E. The temperature anomalies propagate as deep as 5000 m
along isopycnals between 50 S and 30 S.

Figure 4.1: (a) Drake Passage (orange) and Weddell Gyre (red) volume transports normalised
to have unit standard deviation. The respective means and standard deviations of the years
200-326 are 109 ± 5.2 Sv and 81.8 ± 5.4 Sv. (b) Southward NADW transport (purple) and
northward AABW (green) transport at 30 S. The respective means and standard deviations of
the years 200-326 are 12.3 ± 2 Sv and 11.0 ± 2 Sv. For comparison the maximum mixed layer
depth in the Weddell Gyre region (black) and the SOM index (blue) are shown in both a) and b).

The SOM index was calculated as in Le Bars et al. (2016), as the sea surface temperature
anomaly over the region (0 W – 50 W ⇥ 35 S – 50 S) and is shown as the blue curve in
Figures 4.1a and b. The multidecadal variations associated with the SOM are directly
visible in a broad range of ocean fields. Figure 4.1a also shows time series of the Drake
Passage volume transport (orange) and the maximum Weddell Gyre volume transport
(red). The two transports are anti-correlated and both show multidecadal variations of
about 10 Sv. Figure 4.1b shows time series of the southward NADW volume transport
(purple) and the northward AABW volume transport (green) at 30 S. Also these two
signals display very regular multidecadal variations of about 2 Sv which are essentially
anti-correlated.
Moreover, open ocean deep convection events in the Weddell Gyre region are associated
with the SOM. The deep convection can be recognized in the model mixed layer depth
(MLD). The MLD is defined as the shallowest depth where the local, interpolated buoyancy
gradient matches the maximum buoyancy gradient between the surface and any discrete
depth within that water column (Smith et al., 2010). As such it can be interpreted as
the deepest penetration of turbulent mixing. The MLD time series of Fig. 4.1 shows the
yearly maximum MLD in the WGKP region with maxima occurring during austral winter
when cooling and hence thermal buoyancy forcing is strongest. Figure 4.2a shows the
time-mean maximum MLD in the Weddell Gyre region and Figure 4.2b shows the time
series of yearly maximum MLD on top of potential temperature anomalies. The POP
simulation generates maximum MLDs of up to 4000 m deep in the Weddell Sea region.
The sinking of dense water in the open ocean to the deep ocean drives a stronger abyssal
circulation. Consequently, the northward AABW volume transport (green, Fig. 4.1b)
increases in response to the deep convection. Note that the response of the northward
AABW volume transport shows a significant lag in our time series. The delay of the
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a)

4
b)

Figure 4.2: (a) Time-mean maximum mixed layer depth in the Weddell Gyre region. The
yellow lines enclose the so-called ”Weddel Gyre to Kerguelen Plateau” (WGKP) region, defined
by [90 S, 50 S] ⇥ [35 W, 80 E]. (b) Time series of maximum mixed layer depth on top of potential
temperature anomalies. Heat builds up at depth and is released during convective events, cooling
the deep waters and heating the surface waters.
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Drake Passage transport increase (orange, 4.1a) is shorter because it is a more direct
geostrophic response to an increased north-south density gradient, while for the deep
AABW overturning cell a geostrophic response is only possible after the density anomaly
created by convection is transported from its origin to the eastern boundary of the South
Atlantic. The resulting change in east-west density diﬀerence also aﬀects the east-west
pressure gradient of the overlying AMOC in such a way that the AMOC anti-correlates
with the deeper AABW cell. For this reason the AMOC shows a lagged anti-correlation
with Drake Passage transport and the AABW a lagged-correlation with Drake Passage
transport. Furthermore, the enhanced lower branch of the AMOC is directly linked to the
stronger zonal transport (orange, Fig. 4.1a), as also found in previous studies (Gent et al.,
2001; Howard et al., 2015; Behrens et al., 2016).

4.3 Lorenz Energy Cycle
Although the details of the LEC are presented extensively in von Storch et al., 2012 and
Wu et al., 2017, we provide a short summary for self-consistency and for helping a less
specialist reader to interpret the results in the sections 4.4 and 4.5. The LEC deals with
the evolution of terms in the mechanical energy balance, involving kinetic and available
potential energy (APE). The APE of a state of the system is the diﬀerence between the
potential energy of this state and an adiabatically redistributed, minimal potential energy
background state of the same water masses. Calculating this ground state is not trivial in
the case of complex bathymetry as basins can be isolated from one another (Hogg et al.,
2017).

4.3.1 Formulation
As a reference state for the calculation of the APE, we follow von Storch et al., 2012 to
use the global (area) average of the potential density ⇢ in each model layer, i.e.,
⇢ref (z) = h⇢(x, y, z, t)iav ,

(4.1)

where the angled brackets indicate an area average while the average subscript denotes
the time average of 51 years (i.e. over an entire cycle of the SOM). The resulting density
profile ⇢ref (z) is stably stratified and density anomalies are defined as the departure from
this reference density, i.e.
⇢⇤ (x, y, z, t) = ⇢(x, y, z, t)

⇢ref (z).

(4.2)

In the following we use a time average of 5 years (i.e. not over an entire cycle of the SOM)
in order to perform the eddy–mean decomposition and this time average is indicated by a
bar. Anomalies with respect to this time average are indicated by a prime. In this way
the LEC terms become temporally dependent. Kinetic energy and APE reservoirs are
symbolized by K and P . The energy content of the mean and eddy APE reservoirs are
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calculated from
Pm =

g
2

Pe =

g
2

Z

V

Z

V

1 ⇤2
⇢¯ dV,
n0

(4.3a)

1 ⇤02
⇢ dV,
n0

(4.3b)

where g = 9.81 m s 2 is the gravitational acceleration, n0 (z) is the vertical gradient of the
reference potential density, and V denotes the volume over which the LEC is considered.
The density terms can be rewritten in the following way:

4

⇢¯⇤2 = (¯
⇢

⇢ref )2 ,

⇢⇤02 = (⇢
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2
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⇢¯2 .

(4.4b)

The absolute content of the P reservoirs is not relevant because of the arbitrary reference
level.
The energy content of the kinetic energy reservoirs can be computed as:
Z
⇢0
Km =
ū2 + v̄ 2 dV,
(4.5a)
2
V
Z
⌘
⇢0 ⇣ 02
Ke =
u + v 02 dV,
(4.5b)
2
V

where u = (u, v) indicates the horizontal velocity vector. For example, the zonal component
of the Ke -term is u02 = u2 ū2 as per Eulerian mean decomposition. The density
⇢0 = 1026 kg m 3 is the global average density of sea water.
The evolution of the energy content of the diﬀerent reservoirs can now be written as
(von Storch et al., 2012),
dKm
dt
dKe
dt
dPm
dt
dPe
dt

= G(Km ) + C(Ke , Km ) + C(Pm , Km ) + B(Km )
= G(Ke )

C(Ke , Km ) + C(Pe , Ke ) + B(Ke )

= G(Pm ) + C(Pe , Pm )

C(Pm , Km ) + B(Pm )

= G(Pe )

C(Pe , Ke ) + B(Pe )

C(Pe , Pm )

D(Km ),
D(Ke ),
D(Pm ),

D(Pe ),

(4.6a)
(4.6b)
(4.6c)
(4.6d)

where the generation of X is denoted by G(X), conversion from X to Y by C(X, Y ) (and
hence C(Y, X) = C(X, Y )) and dissipation of X by D(X). Boundary terms arise when
a regional domain is chosen and are indicated by the terms B(X), which are positive when
property X enters the volume through the boundary.
For the interpretation of the results below the generation and conversion terms are most
important. Kinetic energy is generated by the wind exerting a stress on the ocean surface
S transferring momentum to the water. The terms G(Km ) and G(Ke ) represent this
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energy input and are given by
G(Km ) =
G(Ke ) =

Z

(⌧x ū + ⌧y v̄) dS,

S
Z

⌧x0 u0 + ⌧y0 v 0 dS,
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(4.7a)
(4.7b)

S

with ⌧ = (⌧x , ⌧y ) being the wind stress.
The generation of APE occurs due to buoyancy fluxes at the surface of the ocean and the
terms G(Pm ) and G(Pe ) are given by
◆
Z ✓
↵0,1
0,1
G(Pm ) =
g
J s ⇢⇤ +
Gs ⇢⇤ dS,
(4.8a)
n0
n0
| {z } | {z }
S
heat
salt
◆
Z ✓
↵0,1 0 0
0,1 0 0
G(Pe ) =
g
J⇢ +
G ⇢ dS,
(4.8b)
n0 s
n0 s
| {z } | {z }
S
heat

salt

where ↵0,1 and 0,1 are the temperature and salinity expansion coeﬃcients in the equation
of state in the uppermost model layer. Furthermore, Js = H/(⇢0 c) and Gs = S¯0 (E P ),
where H is the total heat flux, c = 3996 J kg 1 K 1 the specific heat of sea water, S¯0
the time-mean surface salinity, and (E P ) the diﬀerence between evaporation and
precipitation.
The first conversion term is that of eddy to mean kinetic energy C(Ke , Km ) given by
Z
C(Ke , Km ) = ⇢0
u0 u0 · rū + v 0 u0 · rv̄ dV,
(4.9)
V

and represents the energy pathway from mean to eddies through the Reynolds’ stress (e.g.
due to barotropic instability, where C(Ke , Km ) < 0). von Storch et al., 2012 showed that
globally C(Ke , Km ) = 0.11 TW, indicating the relevance of the barotropic instability
process to the global LEC.
The second term is the conversion between mean and eddy potential energy, given by
Z
g 0 0
C(Pe , Pm ) =
⇢ uh · rh ⇢¯ dV,
(4.10)
n0
V

where the subscript h indicates the horizontal components. The sign and magnitude of
this term depend on the orientation of the eddy density flux ⇢0 u0h and the mean horizontal
density gradient rh ⇢¯. Transfer of energy from mean to eddy potential energy (hence
with C(Pe , Pm ) < 0) occurs due to baroclinic instability which requires sloped isopycnals.
von Storch et al., 2012 showed that globally C(Pe , Pm ) = 0.83 TW, indicating the
importance of the baroclinic instability process to the global LEC.
Potential energy can be converted into kinetic energy via vertical advection of potential
density. The term C(Pm , Km ) given by
Z
C(Pm , Km ) = g ⇢¯w̄ dV,
(4.11)
V
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which only contributes when the density of the water that is transported upwards diﬀers
from the density of the water that is transported downwards. Hence, upwelling of cold water
(e.g. by Ekman pumping) increases the mean potential energy and hence C(Pm , Km ) < 0.
von Storch et al., 2012 showed that globally C(Pm , Km ) = 0.5 TW, indicating the
importance of this conversion process to the global LEC.
Similarly, the presence of eddies can change the eddy potential energy reservoir Pe , through
the term C(Pe , Ke ) defined by
Z
C(Pe , Ke ) = g ⇢0 w0 dV,
(4.12)
V

4

if there is a net correlation between the vertical velocity field and the density anomalies (i.e.
a net upwelling of colder water would give C(Pe , Ke ) < 0). Such a correlation exists in the
baroclinic instability process, where isopycnal slopes are reduced, and hence C(Pe , Ke ) > 0
(+0.74 TW globally in von Storch et al., 2012).
The dissipation terms D(X) are calculated assuming constant reservoir sizes as in von
Storch et al., 2012. This simplification is justified as the change in reservoir sizes is much
smaller than the fluxes aﬀecting them. For non-global integrals, boundary terms appear.
Except for the Km boundary terms, these are not explicitly calculated, but rather combined
with the dissipation terms. Between the Km boundary terms of advection by mean and
eddy fluxes and viscous eﬀects, the pressure work term is dominant and henceforth the
one we present as the boundary term
Z
B(Km ) = rh · uh p⇤ dV,
(4.13)
V

where p⇤ is the hydrostatic pressure anomaly with respect to the time- and area-mean
hydrostatic reference pressure profile pref (z) = hp(x, y, z, t)iav , akin to the reference profile
⇢ref (z) (eqn. 4.1).

4.3.2 Convection in the LEC
As convective processes are discussed later, this is a good moment to mention how these
processes are represented in the LEC. In ocean models like POP, vertical mixing of heat
and salt will occur when the stratification becomes unstable. In POP this is implemented
through the KPP scheme where a deepening of the mixed layer occurs due to the vertical
mixing of the properties determining the density (i.e. temperature T and salinity S).
However, there are no vertical velocities associated with this vertical mixing due to the
hydrostatic approximation in POP and hence these processes are not represented explicitly
in the LEC analysis. They can be considered ad hoc, such as in the ocean model used
in Dijkstra et al., 2014 and in the analysis of Hogg et al., 2017, but such an approach
is still not energetically consistent (see both references for a more extensive discussion).
There is another caveat to interpret the eﬀect of convective processes in a LEC analysis,
as it is assumed that the vertical density gradient does not deviate strongly from the area
(global) mean profile (connected to n0 (z) in the analysis above), whereas during convection
isopycnals will become nearly vertical.
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However, the vertical mixing of density will have an eﬀect on the horizontal density gradients
as this mixing will be horizontally inhomogeneous. Hence, the eﬀects of convection will
at least show up in the terms C(Pm , Pe ) (which is aﬀected by the horizontal density
gradients) and in the term C(Pm , Km ), the latter through the mean density structure ⇢¯.
For example, if convective mixing increases the density at depth then, in the presence
of background upwelling, the term C(Pm , Km ) < 0 and the energy content of reservoir
Pm increases. Simultaneously, the large horizontal density gradients which are created
will also lead to a higher dissipation of APE (which is proportional to r2 ⇢) and hence
the increased conversion to Pm due to the vertical mixing may be partially balanced by
a higher dissipation and may not be completely available for the baroclinic pathway.
As will be discussed later, the response of these conversions terms to changes in deep
convection cannot be understood by the act of convection alone but must also include how
the (overturning) circulation responds to changes in deep convection.

4.4 An LEC description of the SOM
First the mean and standard deviation of the LEC components are presented in Section 4.1.
In Section 4.2, the multidecadal changes in the spatial fields of specific LEC components
are discussed and finally (Section 4.3) the temporal changes of spatially-averaged fields
are described.

4.4.1 Temporal mean and standard deviation of spatially-integrated
LEC terms
In this Section, we present the temporal average (over the entire cycle of the SOM) of
the spatially-integrated LEC terms. The corresponding block diagrams in Fig. 4.3 can be
directly compared with the previous studies by von Storch et al., 2012 (global integrals,
their Fig. 13) and Wu et al., 2017 (SO integrals, their Fig. 15).
Figure 4.3a shows the temporal mean and standard deviation of the globally-integrated
LEC. For this case, the boundary terms B are zero and the dissipation terms D are
calculated from (4.6) assuming steady balances. The time-mean values are very similar to
the values found by von Storch et al., 2012 (see their Fig. 13a). Regarding the energy
reservoirs, the mean available potential energy Pm is much larger than the other three
reservoirs. The exact value of Pm is, however, not particularly meaningful due to its
dependence on the choice of the reference density. The other three reservoirs share the
same order of magnitude as Pe with Pe > Ke > Km .
The conversion terms exhibit the pronounced baroclinic pathway Pm ! Pe ! Ke ,
characterized by a conversion from the mean available potential energy to the eddy
available potential energy (C(Pm , Pe )) that has about the same magnitude (power of
about 1 TW) as the conversion from the eddy potential energy to the eddy kinetic energy
(C(Pe , Ke )). Oceanic mesoscale eddies are, to a large extent, generated by baroclinic
instability via the baroclinic route Pm ! Pe ! Ke . Moreover, the negative sign of
C(Pm , Km ) indicates that the oceanic time-mean circulation, being fueled by the winds,
converts its kinetic energy into the mean available potential energy by Ekman pumping.
This conversion substantially facilitates density diﬀerences and hence the mean available
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Figure 4.3: LEC terms that are temporally averaged over one cycle of the SOM and spatially
integrated (top) over the globe, (bottom left) the region (SO30) up to 30 S, and (bottom right)
over the WGKP region. The blue rounded squares represent the energy reservoirs, while the
arrows represent the energy transfer terms: G(eneration), C(onversion), and D(issipation). The
percentages in parenthesis are the ratio of the term to the total generation which is also reflected
in the colors: red (strongest) to yellow (weakest). Shown are the mean values, and the ± values
are the standard deviations.
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potential energy from which the baroclinic pathway originates. Finally, the oceanic mean
circulation converts its kinetic energy also into the eddy kinetic energy as can be seen
from the negative sign of C(Ke , Km ).
The generation rates G(Pm ) and G(Km ) as well as the dissipation rates D(Pm ) and
D(Km ) are much larger than the related conversion rates. Thus, to a first approximation,
G(Pm ) and G(Km ) are balanced by D(Pm ) and D(Km ), respectively, indicating that the
conversion rates are of second order importance in determining the reservoirs Pm and Km .
The latter are essential to connect the LEC framework with the SOM. In contrast, the
generation rates G(Pe ) and G(Ke ) are significantly smaller which is, however, partly due
to the slowly varying forcing fields employed in our simulation (i.e. monthly variations in
contrast to e.g. 6 hourly variations used in von Storch et al., 2012). Nevertheless, D(Ke )
has a magnitude that is similar to the magnitudes of D(Pm ) and D(Km ) which is due to
the directions of the two energy pathways Km ! Pm ! Pe ! Ke and Km ! Ke .
Figure 4.3b shows the temporal mean and standard deviation of the LEC integrated within
the Southern Ocean (SO30, i.e. the region south of 30 S) which can be compared with the
results given by Wu et al., 2017 (see their Fig. 15). Here only one boundary term B(Km )
is explicitly computed (see Supplementary Figure 1) and for all the other quantities, the
B D term (indicated by D/B in Fig. 4.3b) is calculated again from (4.6) assuming
steady balances. The LEC within the SO shares many properties with the global LEC:
Regarding the reservoirs it also holds Pm
Pe > Ke > Km (also found by Wu et al.,
2017) with about 50% of the global Km and Ke being located in the SO in our model
simulation. Also within the SO the energy pathways are given by Km ! Pm ! Pe ! Ke
and Km ! Ke (also found by Wu et al., 2017). The conversion term C(Km , Pm ) is
especially large (accounting for about 80% of the global value) and related to the Ekman
pumping (Deacon cell) in the SO which is particularly strong in our POP simulation.
About 50% of the conversions C(Km , Ke ) and C(Pe , Ke ) are located in the SO such that
C(Pe , Ke ) > C(Km , Ke ) also holds within the SO.
The crucial role of the winds as main energy supplier for the ocean is extreme within
the SO in our simulation (but generally also found by Wu et al., 2017). In the SO, the
generation rate G(Km ) accounts for about 56% of the corresponding global value and,
most strikingly, for about 95% of the total energy input within the SO (Wu et al., 2017
report values of 71%). This is related, on the one hand, to the slowly varying forcing fields
employed in our simulation (such that G(Ke ) and G(Pe ) are relatively small), and, on
the other hand, to the fact that the thermal and saline buoyancy forcing contributions
largely compensate each other within the SO in our simulation (such that the G(P )
terms are relatively small). Our value of G(Km ) in the SO is about twice as large as
the corresponding value in Wu et al., 2017, and, consequently, our values of the energy
reservoirs in the SO are also significantly larger than in Wu et al., 2017 (they find that
all the energy reservoirs increase under stronger wind forcing). The total generation of
kinetic energy of 1.34 TW is, however, comparable to those of Wu et al., 2017 (1.17 TW
and 1.46 TW in their two scenarios). Similarly, von Storch et al., 2012 globally find an
approximate equipartition between the mean and eddy KE generation terms, while we
find - again due to the monthly vs. 6-hourly forcing - a significantly larger contribution
in the mean component. One consequence of a stronger G(Km ) input is that the energy
flows away from the Km reservoir, namely D(Km ), C(Pm , Km ), C(Km , Ke ) and B(Km ),
are stronger than in the study of Wu et al., 2017.
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The variances of the diﬀerent LEC terms in the SO are very similar to the variances of
the corresponding global LEC terms, and generally slightly larger than the variances given
by Wu et al., 2017. The one outstanding exception is the conversion term C(Km , Pm )
integrated within the SO which exhibits a drastically larger variance than the variance of
the corresponding global integral as well as to the value found by Wu et al., 2017 for the
SO. Since all other conversion, generation, and reservoir terms in the SO exhibit much
smaller variances, the variability in C(Km , Pm ) within the SO must be balanced either by
dissipation within the SO or by the northern boundary exchange term (i.e. outside of the
SO).
For the Km -budget we find that the northern boundary exchange term B(Km ) is crucial.
More precisely, in the time mean B(Km ) exports about half as much Km out of the SO
as C(Km , Pm ) (also found by Wu et al., 2017). More importantly, B(Km ) exhibits the
same variance as C(Km , Pm ) (in contrast to Wu et al., 2017) and hence is balancing the
variability of C(Km , Pm ) in the Km budget in our simulation (see also Section 4.4.3).
Consequently, in the presence of the intrinsic multidecadal variability exhibited by our
model simulation the northern boundary exchange terms are relevant in order to close the
Km and Pm budgets. This stands in contrast to the results of Wu et al., 2017 who find
that the energy flows at the northern boundary are significantly weaker than the energy
conversion rates inside the SO (especially the variances).
Finally, we also consider the LEC terms integrated within the much smaller WGKP region
(defined in Fig. 4.2a) and results are shown in Figure 4.3c. The mean values of all reservoirs
decrease by about one order of magnitude (with respect to the SO30 results) such that
it still holds Pm
Pe > Ke > Km . However, in contrast to the SO30 results, the mean
energetics and the eddy energetics appear to be largely decoupled in the WGKP region
since two conversions C(Pm , Pe ) and C(Km , Ke ) are drastically smaller both in mean value
as in variance. The conversion C(Km , Pm ) and the generation rate G(Pm ), on the other
hand, depict mean and variance values similar to the SO30 results, indicating that most
of the SOM variability is located in the WGKP region. This also suggests that convection
rather than baroclinic instability is the dominant process in the WGKP region and hence
an integral part of the intrinsic multidecadal variability of the mean energy reservoirs.
The eddy reservoirs in the WGKP region, on the other hand, appear to be largely driven
by the import of Pe via the boundaries which in turn is transferred to Ke via C(Pe , Ke )
and then dissipated.

4.4.2 Spatial distributions of the LEC terms
Having discussed the temporal mean and standard deviation of the spatially-integrated
LEC terms, in this Section we look at the local (i.e. spatially-distributed) LEC terms in
the SO averaged over four phases.
We adopt the phase choice by Le Bars et al., 2016 who based it on the variability of the total
potential and kinetic energies because these phases coincide very well with the variability
of the deep convection in the Weddell Gyre (see e.g. Fig. 4.10) The reference phase (D)
during years 286-300 exhibits no convection, while the phase of strong convection (B)
comprises the years 311-320, and the transition phases A and C consist of years 301-310
and 278-285, 321-326, respectively. We note that by defining the reference state by phase
D the anomaly patterns are largely spatially stationary for LEC fields depicting anomalies
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with large-scale spatial structures (e.g. Pm and Pe in Fig. 4.4, G(Pm ) in Fig. 4.6a–d, as
well as Ke in Fig. 4.5e–h). In contrast, if the reference mean is e.g. defined over the entire
SOM cycle then the anomaly patterns move spatially in time.
Energy reservoirs

4

Figure 4.4: (a–d): Pm integrated from 104.2 m to 1501.2 m for the reference phase D, as well
as the anomalies with respect to the reference phase of the phase of increasing convection A D,
full convection B D, and decreasing convection C D. (e–h): Pe integrated from 104.2 m to
1501.2 m for D, A D, B D, C D.

Figures 4.4a–d show Pm (vertically integrated over depths of 100-1500 m) averaged over
D as well as the anomalies of the phases A C with respect to D. The D-mean Pm
distribution (Fig.4.4a) is largely similar to the results shown by Wu et al., 2017 and Hogg
et al., 2017. Noting the logarithmic color scale, this figure shows that the dominant storage
of Pm occurs at high latitudes around Antarctica, where dense water can be found close to
the surface; this water contains energy that is available to be converted to kinetic energy
by sinking through the depth of the ocean to its reference level. At low latitudes, Pm is
orders of magnitude smaller but still nonzero in regions where fluid is lighter than the
reference state. Moreover, Pm has a strong gradient across the ACC, and large values of
Pm can be found in the subtropical regions.
The Pm -anomalies related to the phases A and C are mostly located in the regions of
dominant Pm around Antarctica, especially within the WGKP region (Fig: 4.4a–d). A
strong positive anomaly west of the Kerguelen Plateau emerges in A, intensifies in B and
then fades out as a positive anomaly along the boundary current of the Weddell Gyre.
Moreover, a significant negative anomaly is situated in the Atlantic part of the SO and
also peaks in B. A dipole pattern of anomalies is also found in Hogg et al., 2017 for
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Figure 4.5: (a–d): Km integrated from 104.2 m to 1501.2 m for D, A D, B D, C D. (e–h):
Ke integrated from 104.2 m to 1501.2 m for D, A D, B D, C D.

their simulations in which convection is triggered. In contrast, in simulations with only
increased winds (and no convection triggered) dipole type anomalies are absent (Hogg
et al., 2017; Wu et al., 2017). The changes in the Pm distribution may be related to the
onset of convection (described in Subsection 4.3.2), subsequently induced changes in the
slopes of the isopycnals (reflected in ACC, upper and lower MOC transport changes), and
Antarctic shelf dynamics.
Figures 4.4e–h show Pe (integrated over depths of 100-1500 m) averaged of D as well as
the anomalies of the phases A C with respect to D. Again the D-mean distribution of
Pe is similar to the results presented by Wu et al., 2017. Generally, one can observe the
tendency that regions of large Pm are related to relatively small Pe and vice versa. This
holds for both the D-mean as well as the anomalies related to the phases A C. That is,
in the region of dominant Pm storage at high latitudes around Antarctica, in particular
with in the WGKP region, both the D-mean and the anomalies of Pe are small. Large
values of Pe anomalies are found in the main ACC and the Agulhas retroflection regions,
particularly where minimum values of Pm are found. The anomalies of Pe exhibit a form
of large-scale pattern with mainly positive (negative) anomalies in the Indian (Atlantic)
part of the SO. The anomalies are related to changes in eddy activities.
Figures 4.5a–d show Km (integrated over depths of 100-1500 m) averaged of D as well
as the anomalies of the phases A C with respect to D. The D-mean Km distribution
is similar to the results presented previously by von Storch et al., 2012 and Wu et al.,
2017. Strong kinetic energies are concentrated in sharp boundary currents and narrow
filaments in the SO that form the ACC. Most of the narrow filaments are along the zonal
direction and indicate narrow zonal jets. The strength of the ACC varies notably as it
flows eastward. In the region of the subpolar gyres (in particular in the WGKP region)
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Km is smaller with the largest values related to the boundary currents of the subpolar
gyres. The anomalies of Km are mainly located in the region of large D-mean Km values,
that is, predominantly in the main ACC region. In the subpolar gyres/WGKP region the
Km anomalies are relatively small. Moreover, there is no distinct large-scale pattern visible
but positive and negative anomalies are spatially close to each other and concentrate in
some narrow bands. The anomalies are related to the meandering/shifting of the zonal
flow/jets.
Next, Figures 4.5e–h show Ke (integrated over depths of 100-1500 m) averaged of D as
well as the anomalies of the phases A, B, and C with respect to D. The D-mean Ke
distribution is similar to the results shown by von Storch et al., 2012 and Wu et al., 2017.
That is, similar to the D-mean Km and Pe distributions large values in Ke are found
in the main ACC region whereas in the subpolar gyres/WGKP region Ke is relatively
small. In other words, the maxima of Ke are often located near the strong time mean
currents. These regions have strong mesoscale variability, due to barotropic and baroclinic
instabilities. In contrast to the D-mean Km distribution, that of Ke shows smoother
spatial structures (similar to the D-mean Pe distribution). The smoothness indicates a
large variability in the positions of the mesoscale eddies and other transient features.
The anomalies of Ke resemble those of Pe (and not the anomalies of Km ) in being more
evenly spread over the SO instead of being concentrated in some narrow bands. That
is, significant anomalies of Ke are found in the main ACC and the Agulhas retroflection
regions. The anomalies of Ke exhibit a form of large-scale pattern with mainly positive
(negative) anomalies in the Indian (Atlantic) part of the SO. At high latitudes around
Antarctica, in particular with in the WGKP region, the anomalies of Ke are mostly small.
In summary, large D-mean values and anomalies are mainly found at high latitudes
(WGKP region) for Pm whereas for Km , Pe , Ke large D-mean values and anomalies are
mainly found in the main ACC and the Agulhas retroflection regions. Moreover, for Pm ,
Pe , Ke the anomalies exhibit large-scale patterns whereas the anomalies of Km are more
scattered. Hence, Pe and Ke are very similar (which is also stated by Wu et al., 2017 and
explained here by a PV balance).
Generation of available potential and kinetic energy
Figures 4.6a–d show the mean power input via buoyancy fluxes (G(Pm )) averaged over D
as well as the anomalies of the phases A C with respect to D. The generation of Pm by
the total buoyancy flux averaged over D is negative over most of the SO, and positive in
the Antarctic marginal seas and at lower latitudes. Moreover, strong positive signals in
G(Pm ) are found in the Argentine Basin as well as the Agulhas retroflection region. This
pattern is broadly similar to what is found in previous studies (von Storch et al., 2012;
Wu et al., 2017).
More interestingly, the anomalies related to the phases A C show a clear large-scale
pattern. In the WGKP region a positive signal starts to emerge during A, reaches is
maximum during B, and diminishes during C. This signal is obviously related to the
deep convection (i.e. anomalous cooling at the surface). Moreover, in the Indian Ocean
sector of the SO east of the Kerguelen Plateau a strong positive anomaly is present during
A B which diminishes during C. To the west of the Kerguelen Plateau up to Drake
Passage and north of the Weddell Gyre a strong negative anomaly is present during A B
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Figure 4.6: (a–d): G(Pm ) at the surface for D, A D, B D, C D. (e–h): G(Pe ) at the surface
for D, A D, B D, C D.

Figure 4.7: (a–d): G(Km ) at the surface for D, A D, B D, C D. (e–h): G(Ke ) at the
surface for D, A D, B D, C D.
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which diminishes and incorporates positive anomalies during C. Finally, in the Pacific
the anomalies are rather small. That is, the anomalies of G(Pm ) comprise the diﬀerent
large-scale anomaly patterns seen for Pm (in the WGKP region), on the one hand, and for
Pe and Ke (in the main ACC region), on the other hand.
Figures 4.6e–h show the eddy power input via buoyancy fluxes (G(Pe )) averaged over D as
well as the anomalies of the phases A C with respect to D. The values for the D-average
are very small in the SO. The anomalies for the phases A C are very noisy and, hence,
do not depict a coherent pattern of large-scale low-frequency variability.
We note that the spatial patterns of both G(Pm ) and G(Pe ) (mean and anomalies) are
dominated (not shown) by the respective heat flux component (i.e. heating (cooling)
relatively light (heavy) water masses). However, in an integral positive and negative values
cancel each other such that for the integrated values of the buoyancy power input the
freshwater flux components become crucial as well. For example, for integration up to
30 S (see also Fig. 4.3b) the heat flux component of G(Pm ) (G(Pe )) is related to a power
input of 148 GW (81 GW) whereas the freshwater component is related to a power input
of -205 GW (-13 GW).
Finally, Figure 4.7 shows the power input by the winds (G(Km ) and G(Ke ) respectively)
averaged of D as well as the anomalies of the phases A C with respect to D. The
geographic distribution of the D-average of the generation from the time-mean wind stress
resembles the distributions described in previous studies (von Storch et al., 2012; Wu
et al., 2017; Hogg et al., 2017). That is, the power input from the time-mean wind stresses
is most intense in the region of the eastward flowing ACC where the westerly winds are
strongest with generally larger magnitudes south of Africa and in the Indian Ocean sector
of the SO than those farther eastward. In contrast, the D-average of G(Ke ) is relatively
small in the entire ACC region compared to previous studies since in our simulation a
wind stress climatology is used (instead of 6 hourly winds as in von Storch et al., 2012
or Wu et al., 2017). The anomalies of both G(Km ) and G(Ke ) for the phases A C are
strong in the main ACC region and weaker in the subpolar gyres. Positive and negative
anomalies are concentrated in narrow bands next to each other and, hence, do not depict
the pattern of a large-scale low-frequency variability.
In summary, G(Pm ) comprises the large-scale anomaly patterns found in the reservoirs
Pm , Pe , Ke , whereas the anomalies of G(Km ), G(Ke ), G(Pe ) are rather noisy and do not
exhibit patterns of a large-scale low-frequency variability.
Conversions between the four energy reservoirs
Figures 4.8-4.9 show the four energy conversion terms C(Pm , Km ), C(Pe , Ke ), C(Pe , Pm ),
C(Ke , Km ) (integrated over depths of 100-1500 m) averaged of D as well as the anomalies
of the phases A C with respect to D. For all conversion terms it holds that they are
dominated by smaller scale structures of positive and negative values (similarly to the
previous studies (von Storch et al., 2012; Wu et al., 2017; Hogg et al., 2017)). Consequently,
only in an integrated sense a sign/direction can be associated with each of the conversions.
Moreover, the anomaly patterns largely resemble that of the respective mean pattern.
Hence, none of the conversion terms depicts anomaly patterns of a large-scale low-frequency
variability. The conversions C(Pm , Km ) and C(Pe , Ke ) (the latter measuring the strength
of the baroclinic production) exhibit significant values in the entire SO, including the
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4
Figure 4.8: (a–d): C(Pm , Km ) integrated from 104.2 m to 1501.2 m for D, A D, B D, C D.
(e–h): C(Pe , Ke ) integrated from 104.2 m to 1501.2 m for D, A D, B D, C D.

Figure 4.9: (a–d): C(Pe , Pm ) integrated from 104.2 m to 1501.2 m for D, A D, B D, C D.
(e–h): C(Ke , Km ) integrated from 104.2 m to 1501.2 m for D, A D, B D, C D.
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subpolar gyres (within the WGKP region). In contrast, the conversions C(Pe , Pm ) and
C(Ke , Km ) (the latter being related to barotropic instabilities) only exhibit significant
values in the main ACC, Agulhas retroflection and boundary current regions.
A reason for the fact that the spatial patterns of the conversion terms are largely insensitive
to the low-frequency variability might be that the conversions are strongly influenced by
the large topographic features (see e.g. Wu et al., 2017 for details). Apparently, in the
SO the relaxation of isopycnal surfaces is mainly through the processes associated with
large topography features (”topography-induced meanders” Bischoﬀ and Thompson, 2014;
Thompson and Naveira Garabato, 2014; Chapman et al., 2015).

4.4.3 Time series of spatially integrated LEC terms

4

Figure 4.10: (a–c): Normalised time series of LEC terms integrated over the WGKP region.
(d–f): For comparison also LEC terms integrated over the SO30 region are shown. Mean and
standard deviation values can be found in Fig. 4.3b,c. In all plots the black line (MLD) represents
the normalised time series of the maximum mixed layer depth in the Weddell Gyre which indicates
convection. The reference phase (D), the phase of strong convection (B), and the transition
phases (A, C) are also indicated.

In this Section, we look at the variability of the diﬀerent LEC terms from another angle
by considering the actual time series of the spatially-integrated LEC terms. However,
an integrated energy balance does not provide a completely disentangled breakdown
of the individual components of the energy budget due to integration over numerous
processes. This also implies some sensitivity to the choice of integration region since
positive and negative anomalies can compensate each other diﬀerently depending on the
chosen integration region. In particular, even SO30 is still a rather large region implying
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the presence of numerous processes as well as numerous positive and negative anomalies
(see Figs. 4.4-4.9) such that the corresponding time series can be quite irregular for
certain LEC terms. For that reason we will mainly focus on the WGKP region in this
section. Moreover, since the temporal averages and standard deviations are discussed
in Section 4.4.1, we present standardized time series here, i.e. for each quantity q we
consider Q = (q q̄)/ q such that the mean Q̄ = 0 and the standard deviation Q = 1.
The corresponding non-standardized time series are given in the auxiliary material (see
Supplementary Figs. 2-3). Finally, in order to ease comparison we show the curve of the
maximum mixed layer depth (MLD; indicating convection) in each plot as a reference.
Figure 4.10a shows the diﬀerent power inputs integrated over the WGKP region. Convection
(upwelling of anomalous warm/light waters and sinking of anomalous cold/heavy waters)
is associated with strong buoyancy loss (heat flux driven due to anomalous cooling at the
surface) and hence APE generation from surface buoyancy flux (see also Fig. 4.6a–d).
Correspondingly, G(Pm ) (blue) is largely in phase with MLD. The wind power input
G(Km ) (red, with a variance similar to G(Pm ), Fig. 4.3c) is slightly lagged with respect to
G(Pm ) reaching its maximum value a few years later. Since the wind field is prescribed in
our simulation the changes in wind power input must be related to a reorganization of the
flow field, for example, meridional shifts of the ACC and related changes in the extension
of the Weddell Gyre. The mean G(Pe ) term is about an order of magnitude smaller than
its standard deviation (see Fig. 4.3c). The term G(Pe ) (cyan) is largely in phase with both
MLD and G(Pm ). In the WGKP region these two terms are in phase due to the common
heat release / cooling of surface waters during convection. In the SO30 region, both terms
compensate each other approximately, but the spatial scales are very dissimilar indicating
diﬀerent underlying processes (changes in MOC vs. mesoscale eddies). On the other hand,
G(Ke ) (magenta) is essentially anti-correlated with MLD and also with G(Km ). However,
G(Pe ) and G(Ke ) in the WGKP region have relatively small mean values and variances
(see Fig. 4.3c) and, hence, play a minor role in the multidecadal variability within the
WGKP region (see also Figs. 4.6e–h and Fig. 4.7e–h).
figures 4.10b and 4.10c show the diﬀerent energy reservoirs and energy conversion terms,
respectively, integrated within the WGKP region. The mean energy reservoirs Pm (blue)
and Km (red) are phase-wise largely in accordance with the corresponding power input
terms G(Pm ) and G(Km ), respectively. That is, an increase in G(Pm ) (G(Km )) is accompanied by an increase in Pm (Km ) with Km being slightly lagged with respect to Pm . In
contrast, the eddy energy reservoirs Pe (cyan) and Ke (magenta) are out of phase with
respect to G(Pe ) and G(Ke ), respectively. This indicates again that Pe and Ke in the
WGKP region are not driven by their power input terms but by conversion and boundary
terms (see Fig. 4.3c).
Physically, convection induces vertical velocities that are correlated with potential density
anomalies and hence would contribute to the C(Pm , Km ) exchange term. However, since
the POP simulation employs the KPP mixing scheme that parametrizes convection as
enhanced mixing (see Section 4.3.2), there are no vertical velocities directly associated
with convection in POP. This complicates the interpretation of the C(Pm , Km ) term.
Convection changes the potential density field (including horizontal density gradients)
and influences the overturning circulation. Interpreting the normalized time series, one
must further note that C(Pm , Km ) < 0 at all times in all considered regions. In the
WGKP region, both C(Pm , Km ) (blue) and C(Pe , Ke ) (red) are largely in phase with
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MLD. Furthermore, C(Pm , Km ) is not contributing to the increase in Pm but C(Pm , Km ) is
balanced by (i.e. anti-correlated with) the lateral boundary transport of Km (see Fig. 4.3c
and Section 4.5.3, see also Supplementary Fig. 2-3). Moreover, C(Km , Ke ) (magenta) lags
Ke whereas C(Pe , Ke ) leads Ke which again suggests that C(Pe , Ke ) is responsible for the
increase in Ke as well as the decrease in Pe . Finally, the variability in C(Pm , Pe ) (cyan) is
rather irregular but has a small variance anyway (see Fig. 4.3c).
For comparison, we also show the power input, energy reservoirs, and energy conversions
integrated within SO30 in Figures 4.10d–f. The variability of G(Km ), G(Pm ), C(Pe , Ke )
is largely similar for integration within both SO30 and WGKP. However, for Pm , Km ,
Ke , G(Pe ), C(Pm , Km ) significant phase diﬀerences appear, and, moreover, Pe , G(Ke ),
C(Pm , Pe ), C(Km , Ke ) do not show a clear multidecadal cycle anymore. That is, while
integrating the LEC terms within the WGKP region still oﬀers a largely consistent
dynamical picture with respect to convection, the integration of the LEC terms within
the SO30 probably includes other processes such that relationships become less clear. In
particular, it holds that C(Pm , Km ) and MLDare anti-correlated such that for the integral
within SO30 it does not hold that deep convection is associated with destruction of APE.
We oﬀer two possible dynamical interpretations of these results in the next section.

4.5 The mechanism of the SOM
In this section, we start by summarising the initial description of the SOM by Le Bars et al.,
2016 (Section 4.2.2) and develop this perspective further with our more comprehensive
LEC analysis (Section 4.5.2) which is followed by a discussion of the role of convection
(Section 4.5.3).

4.5.1 The initially proposed mechanism
Le Bars et al., 2016 presented a preliminary description of the energetics of the SOM by
employing baroclinic instability and eddy–mean flow interactions as a dynamical framework
(following Hogg and Blundell, 2006) using the total potential energy (PE) and kinetic
energy (KE). With reference to their Fig. 4, the energetics of a SOM cycle was divided
into the following four phases: Phase A represents a state of low total energy starting at
the minimum in PE and ending at the minimum in KE. The storage of PE is small in this
regime so the production of baroclinic eddies is weak. In phase B, PE builds up until the
maximum in PE is reached. This is because the flow is accelerated zonally by the wind
stress. Phase C represents a state of high total energy starting at the maximum in PE and
ending at the maximum in KE. The flow exceeds a critical threshold for enhanced baroclinic
instability which induces an increased generation of eddies by the mean flow. The PE
that was stored during phases A and B is transferred to KE. The enhanced turbulence
rearranges the flow field such that there is a loss of correlation between surface ocean
velocity and wind stress. Therefore, energy input by the wind stress quickly decreases in
regime C. Finally, phase D is defined by decreasing PE and KE. The storage of PE is
exhausted so that the conversion of PE to KE begins to abate as well. This is combined
with the reduction in energy input by the wind stress forcing and the system returns to
its low-energy state (phase A).
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As mentioned in Section 4.4.2, since the phases A, B, C and D correspond well to increasing,
full, decreasing, and absent convection, respectively, we adopt the same terminology in
this study.

4.5.2 The eddy–mean flow interaction perspective

4

To connect the physical view of the evolution of the SOM to the diﬀerent LEC terms,
we have to consider (i) the temporal phasing of the diﬀerent terms (which follows from
Fig. 4.10) and (ii) the relative magnitude of each term (which follows from Fig. 4.3). In
the relative phases of the terms, we still see aspects of the mechanism as presented in
Le Bars et al., 2016. In the SO30 region which captures the complete SOM signal and
the WGKP region which captures the convective aspects, potential and kinetic energy
reservoirs have low content in phase A (year 305) and the values increase up to phase B
at year 320 (Fig. 4.10b,e). This is occurring simultaneously with an increase in G(Km ), in
agreement with the view that the mean flow is accelerated by the wind (Fig. 4.10a,d). The
mean and standard deviation values of G(Ke ) are significantly smaller and hence their
phase in Fig. 4.10a,d is not relevant.
From phase A to phase C, the SST-based SOM index switches from negative to positive
(Fig. 4.1a) as cold anomalies appear in the WGKP region. These erode the density
stratification and induce convection (vertical mixing), as shown here through the mixed
layer deepening in all Figs. 4.10. As will be discussed in the next section, the transient
behaviour of C(Pm , Km ) does not directly respond, and cannot be explained by the increase
in deep convection itself, but is governed by the overturning response to the change in
deep convection. At the end of phase B and towards phase C, the baroclinic pathway sets
in as the conversion term C(Pe , Ke ) becomes maximal positive indicating a conversion of
potential to kinetic energy during the instability process (Fig. 4.10f). This leads to a less
zonal jet which decreases the input of energy input by the wind G(Km ) (Fig. 4.10d).
As the SOM index becomes negative again during phase C, warm anomalies are present in
the WGKP region and a stable stratification is obtained, the mixed layer shallows and the
conversion term C(Pm , Km ) is maximal at minimum mixed layer depth, i.e. less negative
(Fig. 4.10c). Simultaneously, the dissipation decreases and the decrease in Pm is mostly due
to the weakening of the horizontal density gradients due to the baroclinic instability process
(Fig. 4.10e). This will lead to a decrease in eddy formation and hence the conversion
term C(Pe , Ke ) decreases (Fig. 4.10f), decreasing also the reservoir energy content Ke
(Fig. 4.10e). The LEC in the WGKP region shows a similar phasing of the terms although
it is less clear because of a stronger role of the boundary terms (Fig. 4.10a–c).
Hence, it is timing of the baroclinic pathway C(Pe , Ke ) and the input of the energy by
the wind G(Km ) which confirm that the mechanism suggested in Le Bars et al., 2016
is correct. This view was based on the results in Hogg and Blundell, 2006, which were
obtained for a three-layer quasi-geostrophic model. However, we cannot separate out the
role of bottom topography (identified to be crucial in Hogg and Blundell, 2006) because
the bottom form stress eﬀects are not explicitly computed in the LEC (they are included
in the residual dissipation term). What confuses this view is the occurrence of strong
convection associated with the buoyancy anomalies generated through the propagation of
the spatial pattern of the SOM. Although the eﬀects of convection appear to phase very
well with a relatively large conversion term C(Pm , Km ), in particular on regional scale of
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the WGKP, this convective mixing is caused by the SOM and does not take part in the
increase of the baroclinic pathway due to enhanced dissipation.

4.5.3 The convection and overturning perspective
The presence of open ocean deep convection in the Weddell Sea, with a variability that
phases very well with the SOM, enables an alternative view of the SOM in which the
stimulation of convection could be an essential part of the mechanism instead of just
being a side eﬀect. In non-eddying ocean and climate models the following convectionrestratification type of mechanism has been described (Winton, 1995; Martin et al.,
2013; Latif et al., 2013; Dijkstra, 2017): The deep convection is induced by a strong
accumulation of heat at mid-depth which leads to a destabilisation of the water column.
The convection shuts down when the heat reservoir at mid-depth is virtually depleted
(possibly accompanied by strong freshening event at the sea surface). The heat originates
from relatively warm deep water formed in the North Atlantic such that the open ocean
deep convection is essentially due to the inflow of warm NADW into the Atlantic-Indian
Ocean Basin at mid-depth. Moreover, the westward return flow in the southern part of
the Weddell Gyre eﬀectively transports heat into the Weddell Sea where it is eventually
”trapped” in the gyre circulation. Consequently, the several decades lasting recharge
process of the heat reservoir depends on the AMOC and the Weddell Gyre and sets a
minimum delay for the deep convection to recur. Additionally, the sea-ice characteristics
can have a significant regulating eﬀect.
The impact of the deep convection variability in the Weddell Sea on the ocean circulation
as found in our simulation (see Fig. 4.1 described in Section 4.2) is similar to the results
for non-eddying ocean and climate models (Martin et al., 2013; Latif et al., 2013): The
shutdown of the deep convection yields a decline in the northward transport of AABW
whereas its onset causes an increase (green, Fig. 4.1b). In contrast, the southward NADW
transport increases during the non-convective regime (supporting the accumulation of heat
in the Weddell Gyre) and decreases during deep convection (purple, Fig. 4.1b). These
eﬀects are lagged with respect to the convection MLD signal such that southward NADW
transport peaks and northward AABW transport is at its lowest at the onset of convection
because the density anomaly has to propagate from their source region to the western
boundary of the South Atlantic to induce a geostrophic response in the overturning cells.
Moreover, the ACC strength is decreased during the non-convective regime and increased
during the convective regime (orange, Fig. 4.1a). This is related to the impact of the deep
convection on the pressure gradient across the ACC. When no convection takes place the
cold waters south of the ACC gradually warm between 200 and 2000 m depth (Fig. 4.2b)
and the front across the ACC weakens. As a result, the ACC weakens as well (orange,
Fig. 4.1a). When convection peaks, the heat is suddenly released and the waters south
of the ACC front cool (Fig. 4.2b). As a result, the ACC strengthens with a small lag of
about 5 years.
The convection-overturning perspective of the SOM is supported by the following quantitative properties of the LEC in both the Southern Ocean as a whole and the WGKP
area in particular (see Figs. 4.3b,c): the variations in energy conversion are dominated by
C(Pm , Km ), and in the Km energy budget this term is balanced by advection across the
boundary of either region (see Supplementary Figs. 1-3). In the Pm budget, variations in
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C(Pm , Km ) are balanced by the combination of cross-boundary advection and dissipation.
Here, and in the eddy energy budgets the advective terms cannot be estimated as their
calculation requires triple correlations that were not computed. However, from the relative
smallness of variations in the globally-integrated dissipative terms (Fig. 4.3a), we infer
that it is most likely that the variations in the D/B terms in Figs. 4.3b,c are dominated by
variations in boundary advection (B) as well. This picture is completely consistent with
the link between variations in deep convection in the Weddell Sea and variations in the
deep overturning cell in the Southern Ocean, with northward transport of AABW and
southward transport of NADW (Figs. 4.1b and 4.2).
On the other hand, the phase relation of the LEC terms and convection is diﬃcult to
interpret. Normally deep convection is associated with destruction of available potential
energy (Hogg et al., 2017), but here the opposite occurs when considering the entire
Southern Ocean where convection coincides with a peak in Pm . For the WGKP region this
phase relation still partly holds and a minimum of Pm is found at the onset of convection.
This inconsistency is due to the non-local nature of the APE calculations where the global
area average density profile is taken to be the minimum PE state. This simplification
breaks down in convection regions and other concepts need to be applied, such as the
convective available potential energy (Su et al., 2016a).
During deep convection C(Pm , Km ) is at its minimum (Supplementary Figs. 2-3). In the
LEC framework the energy conversion is due to vertical advection and not to convective
mixing (see Eq. (11)). However, the link between convective mixing and net sinking
of dense water or upwelling of less dense water is far from straightforward (Spall and
Pickart, 2001), especially given that the employed KPP scheme parametrizes convection
as enhanced mixing only. Here, the change in C(Pm , Km ) might be explained by the
changes in meridional overturning and density anomalies. When deep convection peaks,
the (upper) NADW cell (clockwise in a latitude-depth overturning stream function plot)
is anomalously strong and the (lower, anti-clockwise) AABW cell is anomalously weak.
Together, they combine to a full depth and Southern Hemisphere basin-wide clockwise
overturning cell (see Supplementary Figure 4). The overturning cells slightly lead the
convection by a few years, but they do correlate (deep cell) and anti-correlate (upper
cell) with the mean potential to kinetic energy conversion (Fig. 4.1b and Fig. 4.10c). So,
during deep convection upwelling of Central and North Atlantic Deep Water is enhanced
at subpolar latitudes, and downwelling of AABW is anomalously weak. This anomalous
net upwelling is mass-compensated by anomalous net downwelling of lighter water north
of 30 S. The signature of this anomalous overturning consists of a cross-hemispheric
cell extending to the subpolar/subtropical gyre boundary in the Northern Hemisphere
(Supplementary Fig. 4).
The opposite occurs when convection in the SO is weak. We observe a fixed-phase relationship with Southern-Hemisphere overturning variability and changes in deep convection
(the upper cell maximum leads convection by 8 years, the lower cell by 4 years, Fig. 1b).
As a result, the anomalous overturning interacts with the SO stratification leading to an
oscillation in mean potential and kinetic energy (Fig. 4.10b,e). When deep convection sets
in, temperature drops, but salinity and density increase at 200 - 2000 m depth, lagging
deep convection by 4 years (Fig. 2b). During this phase, the upper cell weakens. Fourteen
years after convection peaks, the upper cell reaches a minimum and starts increasing
again. When the upper cell gains strength the subsurface and mid-depth positive density

Section 4.6 – Summary and Discussion

| 93

anomaly decreases by enhanced upwelling of warm water. This keeps progressing until
the stratification is destabilized by subsurface ocean warming at 200 - 2000 m depth, and
deep convection sets in again, stabilising the vertical column by releasing the accumulated
subsurface heat. The deep cell reacts in an opposite way and is in antiphase with the
upper cell with a lag of four years.

4.6 Summary and Discussion
We studied the Lorenz Energy Cycle associated with multidecadal spatio-temporal variability as found in a 326 years simulation with a strongly-eddying version of the global
ocean model POP. As the forcing in this simulation is only seasonal, clearly this variability
results from internal ocean mechanisms. Its spatial pattern has the largest amplitudes in
the Weddell Sea region of the Southern Ocean and hence it was referred to as the Southern
Ocean Mode (SOM). The study extends earlier ones (von Storch et al., 2012; Wu et al.,
2017; Hogg et al., 2017) by looking at low frequency variability of energy reservoirs and
conversions instead of only those of (statistical) equilibrium states.
We showed that the order of magnitude of each of the production, reservoir, conversion
and dissipation/boundary terms of an equilibrium state agrees very well with values in
von Storch et al., 2012 and Wu et al., 2017. This gives confidence that the analysis was done
correctly, even though part of the boundary and dissipation terms were not determined
explicitly. The accordance of our results with the results of Hogg et al., 2017 (who use a
more sophisticated computation of the energetics because of a diﬀerent reference state of
minimal potential energy) also confirms the applicability of the LEC approximation used
in this study.
The main aim of this Chapter was to provide more detail to the mechanism of the SOM
as proposed by Le Bars et al., 2016 by considering the LEC, where both mean and eddy
potential and kinetic energy reservoirs and their conversions were considered. We must
admit that this turned out to be harder than we had originally anticipated because of the
strong influence of convective processes in the variability. Hence, we oﬀered two views
on the SOM mechanism in Section 4.5. In Section 4.5.2 we show that the timing of the
baroclinic pathway C(Pe , Ke ) and the input of the energy by the wind G(Km ) are in
agreement with the mechanism proposed in Le Bars et al., 2016. In Section 4.5.3 we
show that the eﬀects of convection through the overturning may also be important for the
existence of the SOM.
Many coarse resolution GCMs exhibit Southern Ocean open-ocean convection with varying
localizations and strengths (Heuzé et al., 2013), much in disagreement with observations in
which the Weddell Polynya only appeared twice since the beginning of satellite observations
(Scambos et al., 2018). In particular, Behrens et al., 2016 investigated the connection
between open ocean convection and many Southern Ocean state variables in the NIWAUKCA model and a suite of CMIP5 models. These models diﬀer in two significant ways
from our model setup, on one hand they are not eddy resolving, on the other hand they are
coupled to both an atmosphere and an interactive sea ice model. In agreement with our
results, they find a correlation between convection strength and Drake Passage transport
and an anti-correlation between Drake Passage transport and Weddell Gyre strength
(Fig. 4.1). Also the Kiel Climate Model exhibits episodic or periodic deep convection on
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centennial timescales in the Southern Ocean depending on the details of the sea-ice model
setup (Martin et al., 2013). In general, the simulation of open ocean convection in the
Southern Ocean is highly sensitive to freshwater fluxes (precipitation, evaporation, glacial
melt runoﬀ, transport by sea ice and icebergs), the sea ice-model setup (aﬀecting heat and
salinity fluxes), and the employed mixing scheme through their eﬀects on the stratification,
both seasonally and on the long term (Stössel et al., 2015; Kjellsson et al., 2015; Behrens
et al., 2016). In addition, mesoscale eddies can help restratify the deep ocean, enabling
periodic deep convection (Carsey, 1980; Dufour et al., 2017). Comparing the convective
events in the POP simulation with the two observed cases of open ocean convection in
the Weddell Polynya, there is a marked diﬀerence in duration. in the POP simulation
convection lasts some 15 years (Fig. 4.2) while the observed Weddell Polynyas lasted
three (Gordon, 1978). and two seasons, respectively. This diﬀerence between model and
observations is likely caused by a combination of several factors influencing the buoyancy
forcing of the POP model. For one, there is no coupled sea ice model and consequently
the mean buoyancy forcing associated with sea ice which is included in the repeat monthly
forcing fields remains the same for all years, independent of the presence of convection.
More importantly, the use of restoring temperature conditions leads to very high heat
flux anomalies in the order of 30 W m 2 (cf. Figures 2c,d of Le Bars et al., 2016). When
the high resolution POP model is run coupled to an atmosphere and sea ice model in the
Community Earth System Model (van Westen and Dijkstra, 2017), regular convective
events continue to exist, but with a more realistic duration of approximately 4 years while
the periodicity decreases to some 25 years (not shown).
The issue whether mesoscale eddies represent a necessary condition for the SOM (as
suggested in Section 4.5.2) or mesoscale eddies represent just another process that has
a regulating eﬀect on convective variability (next to e.g. sea-ice characteristics) has to
be left for future research. The LEC framework is targeted at the processes of baroclinic
and barotropic instabilities. Moreover, it is based on the Lorenz available potential energy
which involves the entire-domain-wide computation of a background density. Consequently,
the LEC framework is not optimal in order to analyse convective processes and other
concepts such as ocean convective available potential energy (Su et al., 2016a) and eddy
size-constrained APE density (Su et al., 2016b) may be helpful.

5
The Atlantic Ocean’s Freshwater Budget under
Climate Change
We investigate the freshwater budget of the Atlantic and Arctic oceans in coupled climate
change simulations with the Community Earth System Model and compare a stronglyeddying setup with 0.1° ocean grid spacing to a non-eddying 1° configuration typical
of Coupled Model Intercomparison Project phase 6 (CMIP6) models. Details of this
budget are important to understand the evolution of the Atlantic Meridional Overturning
Circulation (AMOC) under climate change. We find that the slowdown of the AMOC in
the year 2100 under the increasing CO2 concentrations of the Representative Concentration
Pathway 8.5 (RCP8.5) scenario is almost identical between both simulations. Also, the
surface freshwater fluxes are similar in their mean and trend under climate change in
both simulations. While the basin-scale total freshwater transport is similar between
the simulations, significant local diﬀerences exist. The high-ocean-resolution simulation
exhibits significantly reduced ocean state biases, notably in the salt distribution, due
to an improved circulation. Mesoscale eddies contribute considerably to the freshwater
and salt transport, in particular at the boundaries of the subtropical and subpolar gyres.
Both simulations start in the single equilibrium AMOC regime according to a commonly
used AMOC stability indicator and evolve towards the multiple equilibrium regime under
climate change, but only the high-resolution simulation enters it due to the reduced biases
in the freshwater budget.

This Chapter is published as:
A. Jüling, X. Zhang, D. Castellana, A. S. von der Heydt, and H. A. Dijkstra (2021b). “The
Atlantic’s freshwater budget under climate change in the Community Earth System Model
with strongly eddying oceans”. In: Ocean Science 17.3, pp. 729–754. doi: 10.5194/os17-729-2021
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5.1 Introduction

5

One of the important tipping elements in the climate system (Lenton et al., 2008) is
the Atlantic Meridional Overturning Circulation (AMOC). This component of the ocean
circulation carries about 1.5 PW of heat northwards at 26.5°N in the Atlantic (Johns
et al., 2011) and hence its strength and spatial expression significantly aﬀect local surface
temperature and precipitation (Palter, 2015). The potential tipping character of the
AMOC is expressed through large and abrupt changes in AMOC strength (Srokosz et al.,
2012; Weijer et al., 2019), for which evidence exists in the palaeo record (Lynch-Stieglitz,
2017). In models of the AMOC, such transitions can occur due to the existence of multiple
equilibria, where several AMOC states can coexist under the same forcing conditions.
Such multiple equilibria of the AMOC have been found in a hierarchy of ocean–climate
models (Stommel, 1961; Rahmstorf et al., 2005; Hawkins et al., 2011; Toom et al., 2012;
Mecking et al., 2016). They occur due to the presence of positive feedbacks, the most
prominent one being the salt advection feedback (Peltier and Vettoretti, 2014). Subtle
changes to the freshwater budget can modify the AMOC response to perturbations which
is why the correct simulation of the oceanic freshwater budget in the Arctic and Atlantic
is important (Behrens et al., 2013).
The Atlantic is a net evaporative basin resulting in the saltiest subtropical surface waters
of all the major oceans. At the Atlantic’s southern boundary, which we take to coincide
with the southern tip of Africa at 34°S, relatively salty surface waters together with fresh
Antarctic Intermediate Water (AAIW) are imported in the upper 1000 m. This northward
transport amounts to approximately 17 Sv at 26.5°N (Moat et al., 2020; Smeed et al.,
2018; Frajka-Williams et al., 2019). At high northern latitudes, the surface waters are
transformed into North Atlantic Deep Water (NADW) which returns southwards and is
exported at 34°S. A lower, weaker overturning cell exists in which cold Antarctic Bottom
Water enters the South Atlantic at the bottom and returns just above with the NADW.
Salt also enters the South Atlantic from the southwest Indian Ocean via Agulhas leakage
in the form of eddies shed oﬀ the Agulhas retroflection (McDonagh et al., 1999). From
the north, approximately 0.8 Sv of relatively fresh Pacific water enters the Arctic Ocean
via the Bering Strait where it further freshens primarily due to river discharge from the
large Arctic catchment area (Woodgate and Aagaard, 2005). Together with freshwater
in the form of sea ice, relatively fresh seawater enters the Atlantic from the North. In
the Strait of Gibraltar, relatively fresh surface waters flow into the strongly evaporative
Mediterranean Sea and saltier waters return into the Atlantic at depth. The meridional
asymmetry of the precipitation pattern of the Intertropical Convergence Zone (ITCZ)
results in salinity diﬀerences between the North and South Atlantic. The wind-driven
subtropical and subpolar gyres recirculate water primarily horizontally and advect any
zonal salinity gradient also in the meridional direction.
As atmospheric temperatures rise under increasing greenhouse gas concentrations, the
hydrological cycle generally strengthens making dry regions drier and wet regions wetter,
amplifying sea surface salinity patterns (Held and Soden, 2006; Skliris et al., 2020). The
AMOC is projected to weaken under climate change due to buoyancy flux changes as heat
flux and net precipitation patterns change (Stocker et al., 2013). The heat flux changes
are the dominant driver of AMOC strength reduction, and there is evidence that this
slowdown is already underway (Gregory et al., 2005; Caesar et al., 2018). In order to
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judge how fast the AMOC can change and whether it could collapse abruptly, one needs
to assess the AMOC stability and in particular the strength of the positive feedbacks.
In Coupled Model Intercomparison Porject phase 5 (CMIP5) models, no transition to a
diﬀerent statistical equilibrium state is found up to the year 2100 under any of the climate
change scenarios (Cheng et al., 2013) and it remains unclear whether the AMOC is already
in or will shift into a multiple equilibrium regime, which would allow such transitions
(Gent, 2018).
Many studies have linked the freshwater budget, through the salt advection feedback,
to the response of the AMOC under surface freshwater perturbations (Rahmstorf, 1996;
de Vries, 2005; Dijkstra, 2007; Mecking et al., 2017; Liu et al., 2017). The existence of a
multiple equilibrium regime is connected to the sign of the divergence of the advective
AMOC induced Atlantic freshwater transport ⌃ (or Mov in Liu et al., 2017) which exactly
marks the separation of the unique and multiple equilibrium regimes when atmospheric
feedbacks are negligible (Dijkstra, 2007). As the northern boundary freshwater transport
is minor, this divergence is often approximated by its southern boundary component only,
referred to as Mov (de Vries, 2005), Fov (Hawkins et al., 2011), or FovS (Weijer et al., 2019).
We will use FovS here as we use F to denote freshwater fluxes in general and Fov for the
latitudinally dependent overturning component in particular. We define freshwater relative
to a salinity of S0 = 35 and detail the computations of the diﬀerent transport components
in Appendix 5.A. Positive FovS values indicate that the AMOC imports freshwater which
constitutes a negative feedback as a positive AMOC strength perturbation would be
damped by an enhanced freshwater import into the North Atlantic, suppressing deep water
formation. A negative FovS value, on the other hand, would induce an amplification of an
AMOC perturbation (Huisman et al., 2010). Observational estimates of FovS are negative
suggesting multiple AMOC equilibria in the present-day climate (Weijer et al., 2019). The
models of the CMIP phases 3 and 5 tend to have positive FovS values due to a salinity bias
at 34°S, where the upper water masses are too fresh and the deep southward return flow
is too salty (Drijfhout et al., 2011; Weaver et al., 2012; Liu et al., 2014; Mecking et al.,
2017). Once this bias is accounted for, FovS values for most models lie within the range of
observations (Mecking et al., 2017). Under increasing radiative forcing, CMIP3 models
exhibit a negative FovS trend (Drijfhout et al., 2011), but no consistent sign in this trend
is found in CMIP5 models (Weaver et al., 2012).
Refining the grid spacing from 1° typical of CMIP5 and CMIP6 ocean model components
to 0.1° resolves the internal Rossby radius of deformation over large parts of the ocean
(Hallberg, 2013). This enables the development of eddies, filaments, and fronts through
mixed barotropic/baroclinic instabilities and the simulation of other mesoscale ocean
features such as currents at the western boundary and through narrow straits. We use the
terminology ‘strongly eddying’ for ocean grids with 0.1° horizontal grid spacing as these
are neither just eddy-permitting (typically 0.25°) nor fully mesoscale turbulence resolving
(Moreton et al., 2020). These high-resolution ocean models constitute the only consistent
method to estimate eddy contributions to ocean variability and the mean climate state and
generally result in significantly reduced ocean biases (Kirtman et al., 2012; Small et al.,
2014). The eddy freshwater transport is comparable in magnitude to the mean transport
at the poleward and equatorward boundaries of the subtropical gyres (Treguier et al., 2012;
Treguier et al., 2014). Some of this transport will be captured by eddy parameterizations
in low-resolution simulation, but other eﬀects, such as the advection of salt by Agulhas
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rings, cannot be captured adequately.
Relatively few studies have investigated the AMOC behavior in strongly-eddying ocean
models (Weijer et al., 2012; den Toom et al., 2014; Brunnabend and Dijkstra, 2017; Hirschi
et al., 2020). The improved simulation of overflows over sills in high-resolution models
significantly reduces deep water density biases which leads to improved simulation of
deep convection. The pathway of the North Atlantic Current and the formation sites of
North Atlantic Deep Water are more realistic at high resolution (Hirschi et al., 2020). A
comparison of the AMOC response between 10 Geophysical Fluid Dynamics Laboratory
(GFDL) models under a 1% per year CO2 increase scenario showed that in coarseresolution models, the AMOC declines between 16% and 45%, and the eddy-permitting
and strongly-eddying configurations are at the lower end of these percentages with 13%
and 16%, respectively (Winton et al., 2014). The POP ocean model showed qualitatively
similar AMOC responses to surface freshwater perturbations between strongly-eddying
(0.1°) and non-eddying (1°) model configurations (Weijer et al., 2012; den Toom et al.,
2014; Brunnabend and Dijkstra, 2017) but with a dependence on the location of the
perturbation. However, whether ocean model resolution aﬀects the AMOC response to
forcing systematically remains an open question (Gent, 2018), although there is evidence
from eddy-permitting models that the AMOC mean state, in particular the sites of deep
water formation, controls the response (Jackson et al., 2020). A suite of high-resolution
ocean-only hindcasts with the Nucleus for European Modelling of the Ocean (NEMO)
model at 1/12° show that the stability indicator FovS is negative (Deshayes et al., 2013) in
contrast to coarse-resolution coupled models (Mecking et al., 2017). The NEMO model
thus shows a reduced bias in FovS , but it remains unclear how much of the bias reduction
is due to the use of restoring boundary conditions within the ocean-only setup and how
much is due to an improved mean state of the ocean circulation.
As coarse-resolution models exhibit biases in their mean state and lack mesoscale processes,
the simulated sensitivity to forcing may be inadequate and the strength of the salt advection
feedback may be aﬀected. We investigate the eﬀect of improving the ocean model resolution
on the Atlantic freshwater budget and its sensitivity by analyzing present-day control
and high-CO2 concentration pathway simulations in two configurations of the Community
Earth System Model: one with an ocean model grid spacing of 0.1° and the other with
1°. The following Section (Sect. 5.2) describes these model simulations and provides a
model–observation comparison of the control simulations. Section 5.3 presents the results,
including changes to the AMOC, the Atlantic freshwater and salt budgets, and the eﬀects
on AMOC stability, under the climate change scenario. The results are summarized and
discussed in Sect. 5.4.

5.2 Model simulations and model–observation comparison
5.2.1 CESM simulations
We analyze four simulations with the Community Earth System Model version 1 (CESM1,
Hurrell et al., 2013), carried out at the Academic Computing Center in Amsterdam
(SURFsara); see, e.g., van Westen and Dijkstra, 2017. The CESM components are CAM5
(Community Atmosphere Model version 5), POP2 (Parallel Ocean Program), CICE (Los
Alamos Sea Ice Model), and CLM (Community Land Model), which are coupled by
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the CESM1 coupler. The ocean model formulation is volume conserving, and surface
freshwater fluxes are thus modeled as virtual salt fluxes. The high-resolution (“HR”)
simulation was performed with a 0.1° ocean horizontal grid spacing on a tripolar grid, while
the low-resolution (“LR”) simulation was conducted with 1° ocean horizontal grid spacing
with a displaced dipole grid. Tracer diﬀusing subgrid-scale processes are parameterized by
the Gent–McWilliams scheme (Gent and McWilliams, 1990) in the 1° resolution simulation
and by biharmonic diﬀusion in the 0.1° resolution case, which is strongly eddying.
Both control simulations use constant year-2000 atmospheric greenhouse gas concentrations
forcing (notably [CO2 ] = 367 ppm, [CH4 ] = 1760 ppb). The HR-CESM simulation continues
from a National Center for Atmospheric Research (NCAR) simulation of several decades
which itself was initialized from a motionless ocean with a present-day estimate of the
ocean’s temperature and salinity distribution. The LR-CESM simulation was similarly
continued from an NCAR-provided initial state. The climate change simulations are
following the CO2 concentration of the highest Representative Concentration Pathway
(RCP8.5) of the CMIP5 used in the Fifth Assessment Report of the Intergovernmental
Panel on Climate Change (Stocker et al., 2013) but do not include other greenhouse gas
increases or land use changes. We name the present-day control simulation CTRL and the
climate change simulation RCP. In 2100, the radiative forcing of CO2 alone is 6.9 W m 2 ,
or 80% of the 8.5 W m 2 of the RCP8.5 scenario (van Vuuren et al., 2011). Not prescribing
land use changes has no eﬀect on the global mean surface temperature in the RCP8.5
scenario (Davies-Barnard et al., 2014). Compared to the mean warming in 2100 of the two
RCP8.5 CESM1/CAM5 simulations submitted to CMIP5 at 4.4°C (Meehl et al. (2013);
time series available at https://climexp.knmi.nl/CMIP5/Tglobal/), our LR-CESM RCP
simulation warmed only 2.9°C, or 66% of the RCP8.5 value. The reduced warming until
2100 is both because of the aforementioned reduced radiative forcing but also because
our simulation started from a nearly equilibrated, and hence relatively warm, year-2000
control simulation. The main characteristics of the model simulations are summarized in
Table 5.1.
Table 5.1: Overview of the CESM simulations used in this Chapter: the ocean and atmosphere
grid spacing, the model version, as well as the year at which the RCP simulations are branched
oﬀ the CTRL simulations.

Setup
ocean grid
atmosphere grid CESM RCP start year
HR-CESM 0.1° tripole, 42 levels to 6000 m 0.47°⇥0.63°
1.0.4
200
LR-CESM 1° dipole, 60 levels to 5500 m
0.9°⇥1.25°
1.1.2
500
There are additional diﬀerences between the model configurations apart from the horizontal
ocean model resolution. The 0.1° POP2 model grid has 42 levels to 6000 m while the LRPOP2 grid has 60 levels to 5500 m. In contrast to the HR-CESM ocean grid with its partial
bottom cells and explicitly resolved overflows, the LR-CESM grid is defined with complete
bottom cells and uses overflow parameterizations, e.g., between the Nordic Seas and the
Atlantic (Smith et al., 2010). In the 0.1° POP2 model, the explicitly modeled Nordic
Seas overflows compare favorably to observations (Ypma et al., 2019). The Mediterranean
outflow is not parameterized in the 1° POP2 grid but is modeled with a widened Strait of
Gibraltar. Ultimately, the eﬀect of the diﬀerent vertical resolutions is hard to disentangle
as the horizontal mixing is represented very diﬀerently. Further, the CESM versions and
atmosphere resolution diﬀer between the HR-CESM (version 1.0.4) and the LR-CESM
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simulations (version 1.1.2). The newer version employs a diﬀerent dynamical core in the
atmosphere model (CAM5.2 versus CAM5.0), and some parameterization schemes are
updated. In contrast to the improvement in ocean model resolution, however, halving the
atmospheric grid spacing from 1° to 0.5° is not resolving new essential physical processes.
Therefore, no significant changes are expected between the 0.5° CAM5.0 HR-CESM and
1° CAM5.2 LR-CESM simulations’ atmospheres due their resolved physics apart from
coupling to diﬀerent ocean boundary conditions.

5.2.2 Model–observation comparison

5

To assess the performance of the HR- and LR-CESM CTRL simulations, we use several
observational datasets which are relevant for the freshwater budget and compare 30-year
means of the CTRL simulations following the RCP branch-oﬀ point (years 200-229 and
500-529; see Tbl. 5.1). In many aspects the HR-CESM CTRL simulation performs better
than the LR-CESM CTRL simulation when compared to the present-day climate. Global
maps of the quantities presented here for the Atlantic–Arctic are included in Chapter 2.
When linear fits are presented, such as in Fig. 5.1d/e, significance of the fit is tested with
a Wald test against a zero-slope null hypothesis.
We define regions in the Atlantic that approximately correspond to the subtropical gyres
(STGs; sometimes specified as South or North Atlantic: SA-STG and NA-STG), the
subpolar gyre (SPG), the ITCZ, and the Arctic. Green lines in Fig. 5.1b/c show bounding
latitudes which are at the southern end of the Atlantic basin around 34°S, 10°S, and 10°N
generously bounding the ITCZ, 45°N as the approximate boundary of the subtropical and
subpolar gyres, and 60°N as the boundary between the Atlantic and the Arctic. The Arctic
Ocean includes Hudson Bay and is bounded on the Pacific side by the Bering Strait at
68°N. We perform the calculations on the original model 0.1° and 1° grids which become
distorted relative to a regular latitude–longitude grid at high northern latitudes (see 60°N
line in Fig. 5.1).
Sea surface temperature
The sea surface temperature (SST) is important for the freshwater budget as it strongly
controls evaporation. Figure 5.1 shows the Hadley Centre Sea Ice and Sea Surface
Temperature dataset (HadISST) 1990-2019 climatology (Rayner et al., 2003), the bias
of the CTRL simulations with respect to that climatology, and the linear SST trends of
the RCP simulations. The HR-CESM (LR-CESM) simulation global mean SST is about
0.51(0.86) K too warm with a RMSE of 0.99(1.39) K compared to the HadISST dataset.
Some warm bias is to be expected as the simulations are subjected to constant year-2000
radiative forcing and not the transiently increasing historical forcing. In the HR-CESM
Atlantic, the sea surface is slightly too cold equatorward of 30° and too warm poleward
of these latitudes with the exception of the South Atlantic near the African coast. The
LR-CESM SST biases are stronger with warm biases in the South Atlantic, along the
North American east coast due to the Gulf Stream separating too far north, and north
of 50°N. The LR-CESM NA-STG and the southern edge of the NA-SPG are too cold
resulting in asymmetric bias around the Equator. Both simulations SSTs are too high in
the NADW formation areas which results in warm biases in this water mass. The RCP
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Figure 5.1: The sea surface temperature (SST) from the HadISST 1990-2019 observations (a),
the SST bias of the HR-CESM (b) and LR-CESM (c) CTRL simulations, and the linear trends
of the HR-CESM (d) and LR-CESM (e) RCP climate change scenarios. Hatched areas in the
trend maps are not significant at the 5% level. The Lambert azimuthal projection of these and
subsequent maps is an equal-area projection and gray parallels (meridians) are drawn every 30°
(60°). The green lines (b,c) show transects in the tripolar 0.1° and dipolar 1° POP2 model grid
at 34°S, 10°S, 10°N, and approximately 45°N and 60°N. This northernmost meridional boundary
diﬀers from the 60°N parallel because of the curvilinear grids and is chosen to lie south of the
Hudson Strait.

SST trends are positive everywhere with a marked Arctic amplification. The exception is
the NA-SPG with negative SST trends, an expected response associated with an AMOC
decline under radiative forcing (Drijfhout et al., 2012).
Surface freshwater fluxes
We compare surface freshwater fluxes to ERA-Interim precipitation minus evaporation,
P E, 1989-2010 climatology (Dee et al., 2011; Trenberth et al., 2011). Figure 5.2 shows
maps of the observed mean P E and the bias of the two simulations, and the zonallyintegrated P E fluxes. There is net evaporation in the STGs and net precipitation in the
ITCZ just north of the Equator (Fig. 5.2a) and the midlatitudes to high latitudes. Both
simulations exhibit the same positive global precipitation biases of 0.23±1.01 mm d 1
(mean±RMSE; see Chapter 2). The P E bias is negative almost everywhere in the
HR-CESM Atlantic (Fig. 5.2b) and over large parts of the LR-CESM Atlantic (Fig. 5.2c).
Both simulations show biases around the ITCZ, most noticeably with reduced precipitation
near the South American coast north of the Equator. The HR-CESM ITCZ appears
slightly rotated with a wider precipitation belt in the central equatorial Atlantic and
reduced precipitation in the Northwest and Southeast. The LR-CESM ITCZ is shifted
south because the SST bias (cf. Fig. 5.1c) is meridionally asymmetric around the Equator.
As the surface waters diverge at the Equator this contributes to the saline (fresh) surface
bias of the North (South) Atlantic. Around the Gulf Stream too much water evaporates,
but this is stronger and extends further north in the LR-CESM simulation, reflecting
SST biases there (cf. Fig. 5.1c). Both the flux per degree latitude and the meridionallyintegrated flux referenced to zero transport at 34°S shown in Fig. 5.2d/e reveal comparable
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Figure 5.2: Precipitation minus evaporation: the observed ERA-Interim 1980-2010 climatology
(a) and the biases of the HR-CESM (b) and LR-CESM (c) CTRL simulations. The zonallyintegrated P E fluxes per degree latitude (d) and the implied freshwater transports due to the
P E fluxes (e) assuming zero transport at 34°S and constant salt content in the oceans. Note
that this does not include runoﬀ freshwater contributions.

5

biases in the zonal integrals with minor diﬀerences in the ITCZ.
Salinity distribution
The heterogeneous salinity distribution in the ocean is the result of surface exchanges
of freshwater and redistribution by the circulation. We use the EN4 global salinity
observations averaged over 1990-2019 which are provided on a 1°⇥1° grid (Good et al.,
2013). To compare to the model data, we first interpolated the EN4 data bilinearly
horizontally and then linearly to the model depth coordinates for both HR- and LR-CESM
ocean grids. Figure 5.3 shows the observed salinity distribution and the simulation biases
of the upper 100 m, as an Atlantic zonal mean, and along a zonal transect at 34°S. Both
HR-CESM (Fig. 5.3b) and LR-CESM (Fig. 5.3c) show a similar bias pattern with a positive
surface bias in the North Atlantic and parts of the Arctic, and a negative bias in the South
Atlantic and the rest of the global ocean (Fig. 2.7). The Atlantic zonally-averaged profile
(Fig. 5.3d) shows the largest salinity values in the evaporative subtropical gyres with less
saline waters of the NADW with S = 34.9 35.0 at high northern latitudes and between
1500 and 4000 m while relatively fresh AAIW is visible around 1000 m depth up to 10°N.
The AAIW is visible in the 34°S transect (Fig. 5.3g) and the section average (Fig. 5.3j).
The bias in HR-CESM is significantly reduced compared the LR-CESM simulation in
all three planes. In particular, the LR-CESM simulation bias around 1000 m depth and
15-30°N (Fig. 5.3f) can be attributed to the absence of eddies (Treguier et al., 2014).
Circulation and gateway transport
In Fig. 5.4a–c, we compare the standard deviation of the observed sea surface height (SSH;
Zlotnicki et al. (2019)) and the modeled dynamic sea level to illustrate the fidelity of
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Figure 5.3: The salinity distribution in the EN4 observations (left) and the bias of the HR-CESM
(center) and LR-CESM (right) CTRL simulations for the top 100 m (top), zonally averaged
in the Atlantic (middle), and at the 34°S transect (bottom). Panel (j) shows zonally-averaged
salinity profiles for observations (thick solid line) and the HR-CESM (dashed) and LR-CESM
(dotted) simulations together with the reference salinity S0 = 35 (thin solid). Note that salinity
as a mass fraction is dimensionless.
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Figure 5.4: (a) The standard deviation of the observed sea surface height anomalies on a 1/6° grid
(Zlotnicki et al., 2019). Missing data are white. (c/d) The dynamic sea level standard deviation
of the HR- and LR-CESM CTRL simulations. (d/e) The mean barotropic streamfunction of
the HR- and LR-CESM CTRL simulations relative to the African Atlantic coast.

5

the HR-CESM simulation. The SSH observations are provided as 5 d means on a 1/6°
grid, and some polar data are missing. For Fig. 5.4a, we use the year 2018 to calculate
the standard deviation from the 5 d means. In Fig. 5.4b/c we calculate the standard
deviation for the branch-oﬀ year of the CTRL simulations based on the SSH2 and SSH
output variables. This means that the modeled dynamic sea level standard deviation uses
the model time step as the sampling frequency, in eﬀect capturing more variability than
the 5 d sampling of the observations. The observations and model are thus not directly
comparable in all details, but the LR-CESM clearly lacks variability compared to the
observations and HR-CESM, in particular in regions of the Gulf Stream and its extension,
the Agulhas retroflection, the Argentine Basin, and the Antarctic Circumpolar Current.
To explain several of the HR- and LR-CESM salinity distribution biases, we plot the
barotropic streamfunction for both CTRL cases in Fig. 5.4d/e. We approximate the
barotropic streamfunction as:
Z ✓ Z 0
( , ✓) =
u( , ✓0 , z) dz d✓0
(5.1)
0,
✓ 0 =✓S

z=D

where the vertical integral of the zonal velocity u is taken over the full depth from z = D
to the surface z = 0, the meridional integral is taken from the southern boundary at
Antarctica (✓ = ✓S ) and is subsequently set to 0 at the African Atlantic coast by removing
a constant 0 . In LR-CESM, the barotropic streamfunction is diagnosed and part of
the model output and this field agrees well with our approximation. For consistency, we
present our approximation for both HR- and LR-CESM.
While the broad-scale wind-driven subtropical and subpolar gyre circulation are present
in both simulations, HR-CESM features stronger boundary currents, standing eddies, a
more realistic Agulhas retroflection pathway and Gulf Stream separation point, and a
stronger subpolar gyre which extends much further south along the North American coast.
In LR-CESM, the inflow of Indian Ocean waters is unrealistically strong and together
with the strong upper 100 m fresh bias of the Indian Ocean (Fig. 2.7) contributes to the
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negative salinity bias of the South Atlantic (Fig. 5.3). In the RCP scenario, the Gulf
Stream in HR-CESM shifts northward, which is expected under climate change (Yang
et al., 2020). In LR-CESM, the subpolar gyre weakens broadly, while in HR-CESM only
the boundary currents weaken (not shown).
The freshwater fraction W , which we call freshwater for brevity, is defined relative to
a reference salinity S0 as W = (S S0 )/S0 , where S is the (dimensionless) salinity of
a given ocean water parcel. We choose S0 = 35, as this is the salinity of the modeled
North Atlantic Deep Water and close to the average salinity at 34°S (cf. Figs. 5.3d/g/j).
In principle, the freshwater framework has disadvantages, as the choice of the reference
salinity S0 is arbitrary and the amount of freshwater depends non-linearly on it (Schauer
and Losch, 2019). However, the relevant terms relate to recirculating and eddy flows which
are independent of S0 (see App. 5.A), and the AMOC stability criterion FovS is framed in
terms of freshwater. Only the barotropic transport depends on S0 , and this component is
negligible for the Atlantic freshwater transport although it contributes significantly to the
total salt transport.
Table 5.2: Transports into the Atlantic of sea water, salt, and freshwater through Bering Strait
(Woodgate and Aagaard, 2005), the Strait of Gibraltar (Sánchez-Román et al., 2009), and across
24°S (Bryden et al., 2011). The barotropic sea water volume transport FbtV is given for all three
V is given for the Strait of Gibraltar and at
transects and the overturning volume transport Fov
S
24°S. The mean salt transport Fmean
across a section is defined as the integrated product of
monthly salinity and velocity fields (the unit [kt s 1 ] is equivalent to the also commonly used
[Sv psu]). The mean freshwater transport Fmean is defined similarly with the reference salinity
S0 = 35. The freshwater transport overturning component Fov is given only at 24°S. The ±
denotes uncertainties in the observations, and inter-annual standard deviations in the simulations.
The two values for the observations at 24°S are estimates from two separate cruises.

transect
Bering

term
FbtV
S
Fmean
Fmean
Gibraltar FbtV
V
Fov
S
Fmean
Fmean
24°S
FbtV
V
Fov
S
Fmean
Fmean
Fov

units
[Sv]
[kt s 1 ]
[mSv]
[mSv]
[mSv]
[kt s 1 ]
[mSv]
[Sv]
[Sv]
[kt s 1 ]
[mSv]
[mSv]

OBS
HR-CESM
0.8 ± 0.1
1.6 ± 0.1
26 ± 3
51 ± 4
140 ± 20
100 ± 30
-38 ± 7
0 ±4
800
430 ± 31
0
1.1 ± 0.2
-50
-32 ± 2
-0.755 -0.630 -1.6 ± 0.1
21.5
17.0 ± 0.8
+0.3
-67 ± 5
-2.9 -2.4
290 ± 13
-130 -90
160 ± 10

LR-CESM
1.0 ± 0.1
32 ± 1
100 ± 30
0 ±3
300 ± 25
1.1 ± 0.1
-32 ± 2
-1.0 ± 0.1
16.4 ± 0.7
-47 ± 3
340 ± 14
270 ± 10

For the Atlantic–Arctic basin the only oceanic exchanges of freshwater and salt north of
34°S occurs at Bering Strait with the Pacific Ocean and through the Strait of Gibraltar
with the Mediterranean Sea. Table 5.2 summarizes the observed and simulated transports
of seawater, salt, and freshwater. The Mediterranean is a net evaporative basin with
a small net volume inflow at the Strait of Gibraltar but an overturning that is about
20 times stronger, importing water with a salinity of 36.2 and exporting Mediterranean
Overflow Water at a salinity of 38.4 at a depth of 1000 m (Sánchez-Román et al., 2009).
In reality, there is no source of salt in the Mediterranean, but as the model formulation
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is volume conserving, there is no net flow through the Strait of Gibraltar and the net
evaporation in the model Mediterranean represents a virtual salt source. An overturning
of 0.8 Sv with the aforementioned salinity diﬀerences would result in a salt transport of
1.8 kt s 1 into the Atlantic. The model salt transport of both simulations is somewhat
smaller at 1.2±0.1 kt s 1 , which is equivalent to a freshwater transport of 32±2 mSv.
Through the shallow Bering Strait, relatively fresh water with mean salinity of 32.5±0.3
flows northward into the Arctic Ocean because of dynamic sea level diﬀerences between
the Arctic and North Pacific (Woodgate and Aagaard, 2005).
Table 5.2 also lists the transport terms at 24°S as Bryden et al. (2011) provide Fov estimates
from two cruises at this latitude. The simulated barotropic volume transport at 24°S
equals that through the Bering Strait, because the model is volume conserving. The
corresponding virtual salt flux formulation is also the reason why the simulated mean
salt transport is very negative, while observations show a small northward salt transport.
Both simulations’ overturning circulations are weaker than observed, and the freshwater
transport due to the overturning is of opposite sign compared to the observations.

5.3 Results
5.3.1 AMOC

5

Figure 5.5a/b show the AMOC streamfunction (✓, z) of the CTRL mean state (shading)
together with the RCP trends (contours) in both HR- and LR-CESM. The maximum of
is located just below 1000 m depth for both simulations around 35°N, but the LR-CESM
simulation upper cell stretches further north consistent with its STG that extends too far
north (cf. Fig. 5.4). The Antarctic Bottom Water cell is stronger and extends further
north in HR-CESM. Both simulations experience a similar weakening and shoaling trend
of the upper cell and a slight strengthening of the lower cell. The HR-CESM latitudinal
gradient in the weakening trend around the maxima at 2000 m is weaker so that the
HR-CESM AMOC weakening is stronger at 34°S but weaker in the Northern Hemisphere
compared to the LR-CESM simulation.
The evolution of the AMOC strength is measured at the latitude of the RAPID mooring
array, 26.5°N, and the depth of maximum overturning, 1000 m (white crosses in Fig. 5.5a/b).
In contrast to the RAPID array data, the streamfunction in Fig. 5.5c contains negligible
contributions from the Gulf of Mexico at 26.5°N. Figure 5.5d/e show time series of the
AMOC strength, including 100 years prior to the RCP branch-oﬀ point to show the
statistically equilibrated nature of the time series. Both simulations’ CTRL mean AMOC
strength compare favorably to the observations with approximately 18 Sv (Frajka-Williams
et al., 2019) and they respond with a similar linear weakening trend of 4.7 Sv per century
and 5.2 Sv per century to the RCP forcing, respectively. The monthly variability (thin
line) of HR-CESM is larger than in LR-CESM due to the presence of an eddying ocean.

5.3.2 Surface freshwater fluxes
The Atlantic is a net evaporative basin, and Fig. 5.6 shows maps of the total surface
freshwater flux, Fsurf , and its major contributing components: precipitation (P ) and
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Figure 5.5: AMOC mean streamfunctions (✓, z) of the HR-CESM (a) and LR-CESM (b)
CTRL simulations together with the linear trends as contour lines every 1 Sv per century.
At 26.5°N and 1000 m depth, the white crosses mark the location of AMOC strength whose
time evolution is depicted in panels (d) and (e). Panel (c) compares the modeled CTRL mean
streamfunction profiles at 26.5°N (thick dashed/dotted) to the RAPID observations (solid)
and also presents the changed streamfunction after 100 years in the RCP simulation (thin
dashed/dotted). Monthly (thin) and 10-year low-pass-filtered (thick) AMOC time series of the
HR-CESM (d) and LR-CESM (e) CTRL (blue) and RCP (orange) simulations. The linear trends
are indicated by dashed gray lines and their values are written in the lower right.
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Figure 5.6: The major freshwater flux components, precipitation P (top row) and evaporation
E (middle), and the total freshwater flux Fsurf (bottom). The means of the HR-CESM (left
column) and LR-CESM (center left) CTRL simulations and the linear trends of the HR-CESM
(center right) and LR-CESM (right) RCP simulations. Polygons near river mouths in panels (i-l)
are areas where runoﬀ is distributed by the ocean model. Hatched areas in the trend maps are
not significant at the 5% level.
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evaporation (E). In addition, Fsurf comprises runoﬀ from land R and ice, as well as sea ice
melt (brine rejection) which, from here on, are all defined as positive (negative) freshwater
fluxes into the ocean. Precipitation occurs mainly in the ITCZ region (with stronger
maxima in HR-CESM), over the Gulf Stream, and in the midlatitude storm tracks. In the
HR-CESM (LR-CESM) CTRL simulation between 34°S and 60°N, there is a net freshwater
loss of 0.85(0.93) Sv which is relatively large compared to the CMIP5 freshwater loss
(e.g., 0.48±0.13 Sv in the historical multi-model mean in Fig. 6 of Skliris et al. (2020)).
Evaporation is strongly tied to SSTs (cf. Figs. 5.1a–c and 5.6e/f) with most occurring
in the subtropical gyres and at the above-zonal-average SSTs of the western boundary
currents and their extensions. Runoﬀ occurs from all coasts bordering the Atlantic and is
artificially distributed over larger areas surrounding the river mouths in the model which
is visible in the total freshwater flux subplots of Fig. 5.6.
The forced freshwater flux trends in Fig. 5.6 reveal the general intensification of the
hydrological cycle as SSTs generally increase (Fig. 5.1d/e). Total surface freshwater flux
linear trends of -0.14(-0.16) Sv per century between 34°S and 60°N (cf. Fig. 5.9a) in the
HR-CESM (LR-CESM) RCP simulation intensify the Atlantic’s evaporative nature. The
notable exception to this global trend in both simulations is the subpolar gyre where
SSTs decline, which results in less evaporation and hence a larger net freshwater flux into
the ocean. This reduction in evaporation in the SPG is more pronounced in HR-CESM
compared to LR-CESM. Regional diﬀerences between the simulations include smaller
positive trends along the US east coast due to the diﬀerent Gulf Stream separation behavior
and the related southward extent of the subpolar gyre. The runoﬀ into the Atlantic and
Arctic increases almost everywhere with the exception of Amazon basin rivers. In the
polar regions, changing freshwater input from melting sea ice is locally significant, e.g.,
east of Greenland where the total freshwater trends (Fig. 5.6c, d) are more negative
than the evaporative component alone would suggest (Fig. 5.6g, h) despite increases in
precipitation (Fig. 5.6c, d) due to higher atmospheric temperatures. The trends of the
surface freshwater flux components are similar on a large scale between HR-CESM and
LR-CESM (see Fig. 5.9).

5.3.3 Meridional transport of freshwater
We decompose the meridional freshwater transport into diﬀerent terms related to the
overturning and azonal gyre circulation as well as an eddy component (equations in
Appendix 5.A). Budget term computations are performed on the original ocean model
grid which leads to small diﬀerences between model zonal transects and the true parallel
of a given latitude in the midlatitudes to high latitudes of the Northern Hemisphere
(green lines in Fig. 5.1b/c). Figure 5.7 shows the meridional dependence of the diﬀerent
zonally-integrated northward freshwater transport components. The figure includes both
the 30-year CTRL means and the year-2100 values of the linear RCP trends (top row), as
well as the trends themselves (bottom row).
At 60°N, the total freshwater transport Ftot (red lines in Fig. 5.7) is negative because
relatively fresh water is imported via the Bering Strait into the Arctic where it further
freshens mostly due to runoﬀ (Tbl. 5.2). Despite diﬀerent volume fluxes at Bering Strait,
the freshwater inflow is about the same between the simulations at 0.10±0.03 Sv because of
the stronger fresh bias of the LR-CESM simulation (cf. Tbl. 5.2, Bering Strait salinity bias
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Figure 5.7: The meridional freshwater transport as a function of latitude ✓ for the HR-CESM
(left) and LR-CESM (right) simulations. In panels (a) and (b), solid lines are the means of the
30 CTRL years following the branch-oﬀ point and dashed lines are the year-2100 values of the
linear RCP fit. The total transport terms (red) are decomposed into an overturning (blue),
an azonal gyre (orange), and an eddy contribution (green). Panels (c) and (d) show the linear
trends separately. Significant trends (at the 5% level) are thick, while insignificant trends are
only thin. Vertical bars to the right of the panels illustrate the Arctic surface flux in the Arctic
(purple) and the Bering Strait inflow (olive) of freshwater.
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in Fig. 5.3b/c, and vertical lines in Fig. 5.7). The Arctic is a net precipitative basin, in part
due to its extensive catchment area, resulting in even more freshwater entering the Atlantic
at 60°N. In the subpolar gyre and the ITCZ, i.e., in latitudes of net precipitation, freshwater
diverges (i.e., @Ftotal /@✓ > 0), while net evaporation in the subtropical gyres results in
freshwater convergence by the oceanic transport. Under the RCP forcing scenario, the
total freshwater flow is more southward because more freshwater enters at 60°N primarily
due to increased net precipitation (including runoﬀ) in the Arctic. Generally, meridional
gradients of the total transport in precipitative and evaporative latitudes increase as
a result of the enhanced hydrological cycle. Notable diﬀerences between the HR- and
LR-CESM Ftot are at the STG–SPG boundary at 45°N, where the LR-CESM Ftot does not
exhibit the negative transport trend of the HR-CESM Ftot and the meridional position of
the tropical freshwater transport divergence related to the southward-biased ITCZ position
of LR-CESM. In the following we take a closer look at these two diﬀerences.
The AMOC carries both relatively salty surface waters and fresh Antarctic Intermediate
Water northward and salty North Atlantic Deep Water south. The overturning freshwater
transport Fov (blue lines in Fig. 5.7) thus depends on the vertical distribution of the
zonally-averaged salinities relative to the depth of the overturning cell (cf. Figs. 5.3 and
5.5). Without changes to salinity, a weakening AMOC would reduce the overturning
transport, and with a constant AMOC, the intensifying hydrological cycle would lead to
enhanced meridional gradients in the transport across precipitative and evaporative parts of
the ocean. With the weakening AMOC under the RCP scenario, the Fov trend is negative
everywhere in LR-CESM, while the HR-CESM Fov trend is not latitudinally coherent in its
sign. The HR-CESM Fov decrease around 40-50°N is caused by the northward migration of
the boundary between the subtropical and subpolar gyres. The decrease in the overturning
transport has some of its largest expression at 34°S, and the salinity stratification bias of
the South Atlantic (Fig. 5.3j) results in a positive FovS bias which is more pronounced in
LR-CESM compared to HR-CESM.
In the absence of eddies, the decomposition of the total flow into the overturning and
azonal component depends on the azonal nature of the velocity and salinity fields. Both
the North and South Atlantic subtropical gyres transport freshwater north (orange lines
in Fig. 5.7) due to their opposite zonal asymmetry in salt content near the surface where
the majority of horizontal gyre transport takes place (Fig. 5.3), while the subpolar gyre
transports freshwater south. Boundary currents, which comprise an important part of the
azonal flow, are better resolved in the HR-CESM simulation (cf. Figs. 5.1-5.4). Under the
climate change scenario, the azonal freshwater transport term Faz generally becomes more
southward north of 20°S in the STGs and the SPG. The gyre transport trends consist
both of a gyre strength signal (approximately the barotropic streamfunction of Fig. 5.4)
and one due to the azonal salinity trend (Fig. 5.8). The HR-CESM Faz trends are the
largest contribution to the total southward freshwater trends. In fact, between 20–40°N,
the HR-CESM Faz trend is so negative due to the strong salinification along the North
American Atlantic coast (Fig. 5.8) that the Fov trend becomes slightly positive (but not
significantly so). This occurs also around 5–20°S in the HR-CESM simulation where Faz
switches signs under forcing. These negative Faz trends are much weaker in LR-CESM so
that the overturning component trend remains latitudinally coherent in its sign.
Eddy transport of freshwater Feddy (green lines in Fig. 5.7) is not associated with volume
fluxes as they are due to correlations between salinity and flow anomalies, which we define
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with a cutoﬀ timescale of 1 year, i.e., including the seasonal cycle. Figure 5.A.1 in the
Appendix shows the eﬀect of using a monthly cutoﬀ timescale. A detailed analysis of
the eddy salt transport in the Atlantic revealed that it is associated with two distinct
mechanisms (Treguier et al., 2012). First, at the STG equatorward edges, seasonal
variations in surface salinity and wind-driven circulation cause eddy transport. Second,
at the boundary between the subtropical and subpolar gyres, baroclinic mesoscale eddies
are responsible for eddy transport. As expected, in the diﬀusive LR-CESM, the eddy
transport is negligible outside tropical seasonal variability, but in HR-CESM, the eddy
freshwater transport Feddy contributes significantly and brings freshwater polewards in
the low latitudes and equatorwards around the Gulf Stream and its extension. The eddy
transport thus moves freshwater generally downgradient, which is parameterized in LRCESM with the Gent–McWilliams scheme as a diﬀusive salt flux (Gent and McWilliams,
1990). Under the RCP scenario, there is essentially no change in the small LR-CESM eddy
transport, but the HR-CESM eddy transport magnitude changes markedly around 45°N
where the Gulf Stream shifts northward (Fig. 5.4) and the meridional salinity gradient
increases (Fig. 5.8). In contrast to HR-CESM, freshwater diverges around 40-45°N in
LR-CESM due to the absence of eddy transport. This LR-CESM freshwater divergence
contributes to the salinity bias (cf. Fig. 5.3f).

5.3.4 Salinity trends

5

Figure 5.8: Linear trends of the vertically-averaged salinity in the surface (0-100 m) and
subsurface (100-1000 m) layers under the RCP scenario. Areas where the linear trend is not
significant at the 5% level are hatched.

In the RCP climate change scenario, the Atlantic’s salinity changes significantly as surface
freshwater fluxes and transport convergences change, even though these salt storage changes
are small compared to the fluxes and their changes. Figure 5.8 shows the linear trend of
the vertically-averaged salt content for the surface (0-100 m) and subsurface (100-1000 m)
layers. In the forced salinity response, the signature of the enhanced hydrological cycle is
imprinted: the upper 1000 m of the Atlantic south of 45°N largely salinifies, in particular
in the NA-STG. The freshening of the NA-SPG is also a consequence of the weakening
AMOC and the associated warming hole (Menary and Wood, 2018). The surface subpolar
gyre freshens uniformly in the LR-CESM simulation, but the subsurface shows largely
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insignificant trends. In HR-CESM, only the eastern SPG freshens down to 1000 m but
salinifies in the East and West Greenland as well as Labrador currents bringing salt into the
western SPG. This is the result of advection of salinifying waters from the central Arctic
north of Greenland and Svalbard. While the Arctic surface layer between the Bering Strait
and the North Pole becomes fresher in both simulations due to enhanced net precipitation
including runoﬀ (Fig. 5.6), the subsurface salinifies strongly in HR-CESM enhancing
stratification. In the Southern Hemisphere, enhanced runoﬀ from Africa decreases the
salinity in the eastern SA-STG, whereas decreasing runoﬀ from South America enhances
the salinification downstream of the Brazil and North Brazil currents (see Fig. 5.6).
The zonal gradient of the salinity trends of the upper 1000 m in Fig. 5.8 is generally
westward equatorward of 45° and more pronounced in HR-CESM. This leads to more azonal
northward salt and southward freshwater transport by the North Atlantic subtropical gyre
and where the southward Angola Current carries enhanced runoﬀ from tropical Africa
southward (Fig. 5.6k–l). South of 25°S, the trend enhances the existing zonal salinity
gradient resulting in strengthened azonal transport components (cf. Figs. 5.3a, 5.7c/d,
5.8). The zonal salinity gradient at 34°S is opposed by surface freshwater flux trends at
this latitude (Fig. 5.6k/l). This is stronger in LR-CESM compared to HR-CESM (Fig. 5.6)
where it leads to a weaker enhancement of the azonal transport components.

5.3.5 Freshwater budget
In order to gain insight into regional changes, we evaluate the freshwater budget over
several regions of the Atlantic and Arctic, which is formulated as
dW̄
= Fr + Fsurf + Fmix ,
dt

(5.2)

where the change in freshwater storage over time dW̄ / dt over a region is a consequence of
the freshwater convergence across the lateral volume boundaries Fr , horizontally-integrated
surface fluxes Fsurf , and a residual mixing term Fmix that captures subgrid-scale diﬀusion
(including eddy parameterizations) and errors introduced by our choice of the reference
salinity S0 = 35. The freshwater content WR of a volume V of ocean water is defined relative
to the reference salinity as W̄ = 1/S
R S 0S0 (S S0 ) dV . Similarly, freshwater transport
across a surface is defined as F =
u~? dA, where u~? is the velocity perpendicular
S0
to the surface element dA. Surface freshwater fluxes, Fsurf , are implemented as virtual
S
S
salt fluxes, Fsurf
, in the POP2 model and we calculate this flux as Fsurf = Fsurf
/S0 .
Figure 5.9 presents the freshwater budget terms for each of the regions and the whole
Atlantic from 34°S to 60°N (boundaries as green lines in Fig. 5.1b/c). Panel (a) is a
summary of the tendency and main freshwater flux terms into the ocean as in Eq. 5.2,
panel (b) presents the constituent components in more detail with trends indicated, and
panel (c) focuses on the trends of panel (b). The mean values of the CTRL simulations are
represented by bars and the 100-year linear trends by arrows. The summary plots (a) show
how the subtropical gyres are net evaporative and ocean currents converge freshwater there
(negative purple Fsurf and positive red Fr ). On the other hand, both the ITCZ and the
NA-SPG gain freshwater through surface fluxes. Here, the freshwater transport divergence
(red) is much smaller in magnitude compared to the STG freshwater convergences both
due the smaller areas and flux densities (cf. Figs. 5.1 and 5.6i–j), and the STGs dominate
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the signal of the whole Atlantic from 34°S to 60°N. The freshwater reservoir tendency
term dW̄ / dt (cyan) is small compared to the other terms. However, for example, for
the whole Atlantic between 34°S and 60°N, the tendency term is crucial in closing the
budget as the trends of the transport convergence, rFtot , are smaller than the opposing
trends in the surface fluxes. Full-depth regionally-integrated salt content trends are very
similar between the simulations, with the largest salt content increase in the NA-STG
(cf. Figs. 5.9a and 5.8). The mixing term Fmix (brown) is negligible in HR-CESM but
sizable in LR-CESM where it includes the parameterized diﬀusion by eddy fluxes which
act downgradient, thus adding freshwater to the saltier, evaporative STGs. The barotropic
and hence total salt transport is southward everywhere due to the import through the
Bering Strait which is larger in HR-CESM, while the barotropic freshwater transport term
sign and magnitude depend on the choice of S0 (Schauer and Losch, 2019).
The top vertical bars of Fig. 5.9b show the major surface freshwater flux terms, whereas
the total (purple) is also presented in the summary plot above (Fig. 5.9a). As discussed
with the surface flux maps (Fig. 5.6), both the means of the CTRL simulations (bars)
and the RCP trends (attached arrows) are similar between the simulations given that
the exact numbers depend on the choice of bounding latitude. South of 45°N, all chosen
regions experience more evaporation than precipitation (Fig. 5.6), but in the ITCZ there
is net freshwater flux into the ocean due to a large runoﬀ especially from the Amazon
and Congo rivers. The strongest trends exists in the NA-STG, but marked diﬀerences
between the simulations’ freshwater input trends exist only in the midlatitudes and high
latitudes. In the SPG, the total freshwater input (purple) increases by approximately
20% in both the HR- and LR-CESM, but the HR-CESM experiences a stronger reduction
in evaporation because of the lower SST trends (Fig. 5.1) which is oﬀset by stronger
runoﬀ. In the Arctic, the HR-CESM freshwater input decreases slightly by 2%, while
the LR-CESM input increases by 5%. These relatively small numbers conceal a much
larger enhancement of the HR-CESM hydrological cycle with precipitation (evaporation)
increasing 55% (45%), while the LR-CESM precipitation (evaporation) only increases by
37% (24%).
The horizontal bars of Fig. 5.9b show the meridional transport components and bottom
vertical bars their convergences. The total convergence (red) is also shown in the summary
Figure 5.9 (following page): Integrated freshwater budget (Eq. 5.2) for diﬀerent zonal bands of
the Atlantic. The boundary latitudes (gray) are shown in Fig. 5.1. Bars are the CTRL simulation
averages, and arrows indicate the linear change in the year 2100 of the RCP simulations. Panel
(a) summarizes the freshwater budget for the regions with the terms of Eq. (5.2) with darker
(lighter) colors representing HR-CESM (LR-CESM). The notation is explained in Appendix 5.A,
and W̄ is the change in freshwater content over 30 years of the CTRL simulations and 100 years
of the RCP simulations. Panel (b) shows the freshwater budget terms in detail, where horizontal
bars represent the advective transport across the meridional boundaries with their convergence
indicated by the vertical bars at the bottom. Additionally, inflows from the Bering Strait and the
Mediterranean are shown. The bars at the top represent surface fluxes, the freshwater content
change over time, as well as the mixing term, and all bars are oriented such that inward-pointing
bars indicate addition of freshwater. Note that the vertical scale of the top and bottom bars is
identical (if reversed), but the horizontal scale is diﬀerent, as are the scales for the individual
regions and the whole Atlantic.
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plot above (Fig. 5.9a). In steady state, the tendency term (cyan) dW̄ / dt = 0, and
the total oceanic freshwater convergence (red) compensates for the sum of the surface
fluxes (purple). The magnitude of the regional convergences (red) is generally smaller for
LR-CESM compared to HR-CESM. The HR- and LR-CESM diﬀerences of the overturning
(blue) vs. azonal (orange) convergence decomposition oﬀset each other in the STGs,
the ITCZ, and the Atlantic as a whole, resulting in the same sign of the total transport
convergence (red). Only in the SPG does the sign of the total convergence diﬀer as the
overturning convergence is stronger and the azonal divergence is weaker in HR-CESM,
and the mixing term captures the parameterized eddy transport in LR-CESM.
Figure 5.9c focuses on the trends of the transport terms while using the same layout as
Fig. 5.9b. Under the RCP scenario, the extreme strengthening of the HR-CESM eddy
transport (green) at 45°N is related to the northward shift of the Gulf Stream under
forcing (cf. Fig. 5.7; Yang et al. (2020)). Figure 5.A.1 in the Appendix shows that this
negative eddy trend at 45°N consists to a large degree of a seasonal signal. The trends in
the overturning and azonal convergence trends oﬀset each other (except in the HR-CESM
NA-STG with its strong growth in eddy convergence), indicating a change in the zonal
salinity distribution (cf. Fig. 5.8).

5.3.6 AMOC stability indicators

5

Figure 5.10: Time series of the annually-averaged freshwater import into the Atlantic by
the overturning circulation FovS at 34°S (blue), the azonal freshwater transport contribution
Faz (orange), and the overturning freshwater transport divergence between 34°S and 60°N, ⌃
(red). All available data are shown from the CTRL simulations (solid) together with the RCP
simulations (dashed) branching oﬀ in year 200 (500) for HR-CESM (LR-CESM). The linear
trend values of the RCP simulations are written close to oﬀset linear fits (dotted). The observed
FovS range (gray) is from Weijer et al., 2019, and the AMOC stability regimes are labeled on the
right.

The freshwater import (export) by the AMOC constitutes a negative (positive) feedback.
The freshwater convergence by the overturning circulation ⌃ = FovS FovN , where FovS
and FovN are located at 34°S and 60°N, respectively, has been suggested as an indicator
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for an AMOC multiple equilibrium regime (Dijkstra, 2007; Huisman et al., 2010; Liu
et al., 2014). Figure 5.10 shows the evolution of these indicators together with the azonal
freshwater transport at 34°S, FazS , for both the CTRL and RCP simulations. Both the
HR- and LR-CESM CTRL simulations initially equilibrate with increasing FovS values
(blue). At the point where the RCP simulations are branched oﬀ, FovS appears to have
reached an equilibrium as the concurrent CTRL time series are statistically stationary.
Despite a very similar overturning strength (Fig. 5.5), the LR-CESM CTRL FovS values
are significantly higher due to the stronger vertical salt bias (Fig. 5.3). Non-eddying
CMIP5 models have a positive bias in the FovS sign and may hence be too stable; much
of this bias is a result of the salinity bias with fresh surface anomalies south of 20°N and
salty anomalies elsewhere in the Atlantic (Mecking et al., 2017). Artificially replacing the
CMIP5 model salinities by observed values as in Mecking et al. (2017) reduces FovS to
negative values. The CTRL azonal component FazS (orange) equilibrates faster than the
overturning component as it relates to the shallower transport by the wind-driven STGs.
The total freshwater transport at 60°N is almost identical between the simulations and
consists predominantly of the azonal component (cf. Figs. 5.7, 5.9), but the exact azonal
vs. overturning decomposition diﬀers such that the LR-CESM FovN magnitude is larger
than the HR-CESM FovN magnitude, resulting in a larger oﬀset in ⌃.
In response to the RCP forcing, both HR- and LR-CESM exhibit negative FovS trends
at -0.14 and -0.10 Sv per century, respectively. The FovS values decrease because the
salinity trends oﬀset the fresh bias near the surface (cf. Figs. 5.3 and 5.8). The ⌃ value
is also plotted in Fig. 5.10 and its trend is evidently dominated by FovS , while FovN
barely changes under forcing (Fig. 5.7). The azonal gyre component FazS also evolves
in response to the forcing (cf. Fig. 5.8) and is connected to FovS through the overall
freshwater budget (Cimatoribus et al., 2012). Its change compensates the change in FovS
completely in HR-CESM and only half of it in LR-CESM. Both FovS and ⌃ indicate a
shift into the unstable, multiple equilibrium regime under the RCP forcing in HR-CESM
but not LR-CESM.

5.4 Summary and Discussion
We analyzed the Community Earth System Model’s Atlantic freshwater budget in a
high-resolution, strongly-eddying ocean component and in a low-resolution, non-eddying
ocean component indicated here by HR-CESM and LR-CESM, respectively. We compared
present-day control simulations (CTRL) with observational data and analyzed changes
under a climate change scenario with increasing greenhouse gases (RCP). Previous studies
have analyzed the Atlantic freshwater budget’s present-day state with strongly-eddying
ocean models (Treguier et al., 2012) or investigated the freshwater budget under climate
change but with coarse-resolution ocean models (Drijfhout et al., 2011), but this is the
first analysis of the freshwater budget under climate change investigating the eﬀect of
strongly-eddying oceans. Apart from the ocean horizontal resolution in the CESM, also
the atmosphere model component version and resolution diﬀer. However, the mean surface
freshwater fluxes are comparable where ocean biases are comparable, and the forced
hydrological cycle response is similar between HR- and LR-CESM (Fig. 5.6). In validating
the simulations, uncertainty in observations, particularly in the diﬀerent P E products
(Fig. 5.2), must be acknowledged (Trenberth et al., 2011). A multidecadal variability
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signal, significant with respect to a red noise null hypothesis, also exists in the HR-CESM
simulation (Jüling et al., 2021a). This could potentially influence the results, but the
magnitude of the response to the strong RCP forcing is very large compared to this internal
variability.
Increasing the resolution of the ocean component enables more realistic simulation of
currents, eddies and overflows, and the circulation features such as the Gulf Stream
separation or the Agulhas retroflection are better represented in the HR-CESM simulation
(Fig. 5.4). We find that many ocean biases are reduced in HR-CESM compared to LRCESM. Although the HR-CESM ocean presents more realistic boundary conditions to
the atmosphere with more energy at smaller spatial and temporal scales (Kirtman et al.,
2012), the atmosphere freshwater flux CTRL mean and RCP trends are similar between
the two model setups (cf. Figs. 5.2d, 5.6, and 5.9). The large-scale hydrological cycle
strengthens similarly with generally warming surface temperatures, the exception being
the cooling NA-SPG (Fig. 5.6). Also the AMOC weakens similarly (Fig. 5.5) in both
RCP simulations, such that any diﬀerences in the simulated responses are likely due to
the diﬀerent ocean model resolution. The mean and trend of the ocean freshwater and
salt transport, its convergence, and its decomposition diﬀer between HR- and LR-CESM,
especially in regions of strong eddy activity (cf. Figs. 5.7 and 5.9).
By comparing the CTRL simulations against observations relevant to the freshwater
budget, we find that the HR-CESM biases are notably reduced compared to the LRCESM setup. In particular, we diagnosed reduced biases of SST (Figs. 5.1 and 2.5), the
precipitation minus evaporation fluxes (Figs. 5.2 and 2.6), and the 3-D Atlantic salinity
distribution (Figs. 5.3 and 2.7). Two phenomena contribute to the strong meridional
LR-CESM surface salinity bias gradient that also plagues other coarse-resolution models
(Mecking et al., 2017): first, an unrealistically large import of too-fresh surface waters from
the southwest Indian Ocean into the South Atlantic (cf. Figs. 5.4 and 2.7), and second,
the southward shift of the ITCZ due to a more asymmetric Atlantic meridional SST bias
(cf. Figs. 5.1 and 5.2). The structure and magnitude of the HR- and LR-CESM CTRL
meridional freshwater transport terms (Fig. 5.7) are generally similar to those found in
earlier studies with non-eddying models (Yin and Stouﬀer, 2007; Skliris et al., 2020) and
eddying models (Mecking et al., 2016).
Despite similar atmospheric changes and AMOC slowdown, there are many notable
diﬀerences between the HR- and LR-CESM simulations. Forced circulation changes diﬀer
in that the HR-CESM Gulf Stream moves north and the SPG circulation strength trends
show a dipole pattern as opposed to a large-scale weakening in the LR-CESM simulation
(Fig. 5.4). Also, Arctic surface freshwater fluxes change diﬀerently, and the sea ice response
may be underestimated due to low-biased heat transport into the Arctic in the LR-CESM
simulation (Fig. 5.9). The large-scale structure of the Ftot transport is similar and so is
the forced response, with the exception of the STG–SPG boundary around 45°N where
the LR-CESM shows no trends in any transport component, but the HR-CESM exhibits
a large negative Ftot trend, due in equal parts to the eddy and overturning components
(Fig. 5.7). The decomposition between overturning and azonal components diﬀers between
the HR-CESM and LR-CESM simulations as the azonality of both the salinity and velocity
fields diﬀers. Eddy fluxes are significant at the northern and southern boundaries of the
STGs (Treguier et al., 2012; Treguier et al., 2014).
The evolution of the AMOC under climate change is of great interest, and based on
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our results, and those of others, simulating strongly-eddying oceans does not appear to
systematically influence that response (Gent, 2018; Hirschi et al., 2020). The CTRL
AMOC strength and reduction under the RCP scenario are almost identical between the
simulations with a reduction of ⇠5 Sv in 100 years from 18 Sv which compares well with
the observed AMOC strength at the RAPID array at 26.5°N of 17.0 Sv (Smeed et al.,
2018). The reduced heat transport by the AMOC into the subpolar gyre constitutes a
positive atmospheric feedback in that evaporation is reduced, freshening the surface in the
sinking regions. The salt advection feedback is another positive AMOC feedback, and it
can lead to multiple equilibria if the overturning circulation exports freshwater from the
Atlantic basin. A weakened AMOC would export less freshwater which would ultimately
further suppress deep water formation in the North Atlantic, and vice versa. As it is
not possible to prove the existence of multiple AMOC equilibria with modern coupled
climate models due to the high dimensionality and the prohibitive computational cost of
equilibrating the ocean circulation after millennia, it is desirable to use scalar indicators
based on simpler models. The import of freshwater to the Atlantic by the overturning
circulation FovS can hence provide further insight into the question of AMOC stability
if atmospheric feedbacks are negligible (Huisman et al., 2010). Observations suggest a
negative FovS between -0.28 and -0.05 Sv at present (Weijer et al., 2019). Due to their
salinity bias at 34°S, both HR-CESM and LR-CESM CTRL simulations import freshwater
into the Atlantic, but this bias is significantly reduced in HR-CESM (Figs. 5.3 and 5.10).
This bias, from which all coarse-resolution CMIP5 models suﬀer (Mecking et al., 2017;
Gent, 2018), is countered by salinification of the surface under radiative forcing decreasing
the FovS value which indicates decreasing stability.
The ocean mean state as well as the forced response are diﬀerent with higher resolution,
but from our two RCP simulations we cannot discern any systematic eﬀect on AMOC
response to climate change as it is a large-scale flow feature and the correct simulation of
the sinking regions is likely more important (Hirschi et al., 2020; Jackson et al., 2020). Yet
due to the reduced salinity biases in particular at 34°S in HR-CESM, the indicator of the
multiple equilibrium regime FovS suggests that the salt advection feedback can destabilize
the AMOC in the 21st century. However, the HR-CESM freshwater overturning transport
response is meridionally incoherent, and hence freshwater may not be simply advected
northward with the AMOC. In the absence of eddy terms and changes in the salt reservoirs,
the overturning and azonal components must balance, which was used by de Vries, 2005
to change the sign of FovS . As the transport decomposition is further complicated by an
eddy term, it is questionable whether the simple indicator is useful for quantifying the
salt advection feedback and it may have to be adapted. By changing the azonality of
the freshwater surface fluxes at 34°S and hence the gyre transport, Cimatoribus et al.,
2012 was able to collapse the AMOC without any further changes, suggesting that also
this component of the transport must be taken into account when assessing the stability.
Furthermore, any interpretation of the FovS in short strongly eddy simulations should be
undertaken with care. Figure 5.10 shows that the HR-CESM CTRL simulation switches
sign from negative to positive FovS only after 150 years as the ocean equilibrates.
To conclude, the changes in the Atlantic freshwater budget due to global warming are
fairly robust to the resolution improvement from a diﬀusive to a strongly-eddying ocean
in CESM. This strengthens trust in using the current generations of coupled climate
models (CMIP5, CMIP6) and their AMOC change projections, which are computationally

5
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significantly cheaper to perform. On the other hand, the biases in the present-day state
are strongly reduced in the strongly-eddying ocean version of CESM and hence indicate
that better parameterizations are needed in the CMIP5/CMIP6 models to reduce these
biases. This reduction can be crucial for assessing the probability of tipping of the AMOC
under future climate change.

5

Appendix
5.A Budget calculation
As Schauer and Losch (2019) point out, the values of the freshwater flux terms are nonlinearly dependent on the chosen reference salinity S0 . Traditionally, the AMOC bistability
question with respect to the salt advection feedback has been framed in terms of freshwater
import due to the meridional overturning.

5.A.1 Freshwater budget
We define freshwater fluxes in the ocean relative to a reference salinity of S0 = 35 in units
of 1 Sv = 106 meter3 s. The freshwater flux budget of an arbitrary full-depth ocean volume
is given by Eq. (5.2), which we repeat here for a self-contained presentation of the budget
calculations:
dW̄
= Fr + Fsurf + Fmix ,
(5.3)
dt
RRR
where W̄ = S10
S S0 dV is the freshwater content of the volume V . The first
term on the right-hand side, Fr , is due to the advection of freshwater gradients across the
vertical boundary b, which is full depth and encloses the volume V :
Z Z
Z Z
Fr =
~u · rW db/
db.
(5.4)
The second term is the freshwater flux at the surface comprising precipitation P , evaporation E, runoﬀ from land R and ice I, as well as sea ice melt M (brine rejection B), which
are all defined as positive (negative) freshwater fluxes into the ocean:
Fsurf = P + E + R + I + M + B.

(5.5)

The last term, Fmix , captures diﬀusion (including eddy parameterizations), errors introduced by the time averaging of the output and the choice of the reference salinity S0 and
is calculated as a residual:
dW̄
Fmix =
Fsurf Fr .
(5.6)
dt
Furthermore, we ignore changes in dynamic sea level in the calculation of W̄ such that
these small eﬀects are included in Fmix .
To ascertain whether a perturbation in the overturning is amplified or damped through
the salt advection feedback, the freshwater transport due to the overturning is evaluated
at the southern boundary (FovS ). In general, the advective term can be divided into a
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barotropic component Fbt , an overturning component Fov , an azonal component due to
the gyre circulation Faz , and an eddy component Feddy such that
N
Fr = (Fbt + Fov + Faz + Feddy ) |✓y=✓
,
S

Fbt (y) =
Fov (y) =
Faz (y) =
Feddy (y) =
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v 0 S 0 dx dz,
⇣

v [S

S0 ]

⌘

v ⇥ S dx dz,

(5.11)

where Fr is evaluated between the southern and northern boundaries,
R R ✓S/N . The
R Rhat notation q̂ of an arbitrary quantity q denotes the section average, q̂ =
q dx dz/
dx dz.
⇤
In the case of q = v, v̂ is the
barotropic
velocity
and
v
=
v
v̂
is
the
baroclinic
velocR
R
ity. Angled brackets hqi = q dx/ dx denote zonal averaging, while primed quantities
q 0 = q hqi are deviations from zonal means.
In the specific case of the Atlantic–Arctic freshwater budget, the oceanic advection term
can be decomposed into advective freshwater fluxes at a southern and northern boundary,
usually at the latitudes of Cape Agulhas at 34°S and the Bering Strait at 68°N (FBS ), plus
the Mediterranean inflow (FM ed ).
Z z Z ✓M ed,N
1
FM ed =
u(S S0 )(x = 5.5W ) dz dy,
(5.12)
S0 H ✓M ed,S
where u is the zonal velocity.
Note that sometimes Fov is defined to include the barotropic component (e.g., de Vries
(2005)):
Z
1
Fov =
v̄ [hSi S0 ] dz.
(5.13)
S0
Equations (5.9) and (5.13) are equal if the reference salinity is equal to the section average,
S0 = Ŝ, and the barotropic transport is zero, Fbt = 0.
Due to the volume-conserving, virtual salt flux formulation of the ocean model, the
barotropic meridional volume transport throughout the Atlantic equals that through the
Bering Strait (Table 5.2). The barotropic freshwater transport thus depends only on the
section-average salinity which is so close to the reference salinity, S0 ⇡ Ŝ, that Fbt is
negligibly small compared to the other transport components and hence not shown.

5.A.2 Eddy–mean decomposition
To calculate the eddy terms, we use the eddy–mean decomposition of the total flux:
qr = q̄r̄ + q 0 r0 ,

(5.14)

with scalar quantities q and r, where the overbar q denotes a time average, which we
choose to be annual so as to include seasonality eﬀects from the eddy term (Fig. 5.A.1
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compares an annual with a monthly cutoﬀ timescale), and primed quantities q 0 denote
eddy terms.
Neither the total nor the eddy freshwater transport terms, v [S S0 ] and S10 v 0 [S S0 ]0 ,
are part of the model output. However, the total salt transport vS is, so that one can
calculate the eddy salt transport:
Z z Z E
S
Feddy =
vS v ⇥ S dx dz.
(5.15)
H

W

The freshwater eddy transport is linearly related to the eddy salt transport:
Feddy =

1 0
v [S
S0

S0 ] 0 =

1 0 0
vS =
S0

1 S
F ,
S0 eddy

(5.16)

and the total freshwater flux is thus
Ftotal = Fbt + Fov + Faz + Feddy .

(5.17)

5

Figure 5.A.1: Freshwater transport terms calculated from annually (solid lines; as in Figs. 5.7,
5.9, and 5.10) vs. monthly (dashed) averaged model output. The diﬀerence is the eﬀect of
seasonality.

Figure 5.A.1 shows the eﬀect of the cutoﬀ timescale on all transport terms. Only in
HR-CESM is the eddy term of relevant magnitude compared to the mean terms. Naturally,
the total transport is unaﬀected, while the mean terms, in particular the azonal term,
gain strength at the expense of the eddy term. The HR-CESM eddy term (green line in
Fig. 5.A.1a) is reduced to roughly half its strength in the ITCZ and the NA-STG, while it
becomes negligible in the SA-STG. Under climate change, trends in eddy transport are
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Figure 5.A.2: Freshwater transport terms calculated from the eddy salt advection terms
diagnosed by the LR-CESM model compared to the monthly and annual Feddy term (green)
which are shown in Figs. 5.7b and 5.A.1. The model diagnoses salt advection by the GM
parameterization (blue) and the submesoscale mixing parameterization (orange).

5

similarly reduced at a monthly cutoﬀ timescale, suggesting that much of the changes in
the annual eddy trends are driven by a changing seasonality.
The LR-CESM configuration diagnoses the bolus eddy-induced advection (from the
GM parameterization) and the submesoscale advection (from the biharmonic diﬀusion).
Figure 5.A.2 compares the diagnosed GM (blue) and submesoscale (orange) freshwater
transport terms to the eddy term (Eq. 5.16; green). The GM parameterization term
is generally significantly smaller than the term arising from the Eulerian eddy–mean
decomposition (for both monthly and annual cutoﬀ timescales), but can be comparable in
size (e.g., at the Equator or the NA-STG). The submesoscale term, on the other hand, is
negligible compared to the other two terms.

6
Response and Sensitivity of CESM to Radiative
Forcing
The climate system response to radiative forcing from greenhouse gas increases is of great
societal relevance. The magnitude, timing, and patterns of climate change are aﬀected by
ocean heat uptake and redistribution which in turn depends on ocean mesoscale features.
In this Chapter, we compare the climate response of two Community Earth System Model
(CESM) configurations, one with strongly-eddying oceans and one without eddying oceans.
The models of the current Coupled Model Intercomparison Project’s phases 5 and 6 almost
exclusively use non-eddying oceans, but long simulations with strongly-eddying ocean
are now feasible. We analyze the CESM response to two radiative forcing scenarios, a
plausible future scenario of increasing CO2 and an idealized scenario of instantaneous CO2
quadrupling. We compare the surface warming response, estimates of climate sensitivity,
patterns of heat uptake, radiative budgets, and the polar response. We find that the CESM
global mean surface temperature (GMST) response is almost indistinguishable between
the configurations with diﬀering ocean resolutions at 2.95 ± 0.11 K (2.76 ± 0.12 K) for the
gradual climate change scenario and 4.66 ± 0.09 K (4.74 ± 0.09 K) for the abrupt climate
change scenario, bolstering trust in the current model generation for these global quantities.
However, there are important local eﬀects that only high-resolution models can capture.
We also find that the climate sensitivity estimates of the strongly- and non-eddying CESM
configurations after 50 years are similar with 3.51 K and 3.82 K.
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6.1 Introduction

6

Increasing atmospheric greenhouse gas concentrations warm the Earth’s surface and oceans.
How the warming proceeds depends on the heat uptake by the ocean (Rose and Rayborn,
2016; Winton et al., 2010). This heat uptake, in turn, depends on the mesoscale circulation
as mesoscale eddies counteract the downward advection of heat by the mean circulation
(Wolfe et al., 2008; Griﬃes et al., 2015; Morrison et al., 2016; von Storch et al., 2016).
In the current climate model generation with their non-eddying oceans, the eﬀects of
mesoscale flow features are parameterized as their direct simulation is computationally
expensive (Taylor et al., 2012). Long climate simulations with eddying oceans are now
feasible and it is important to know how much the climate response changes when mesoscale
processes are resolved (Winton et al., 2014). To address this issue, we simulate climate
change in response to two forcing scenarios with a strongly and a non-eddying eddying
configuration of the Community Earth System Model (CESM).
When the climate system is subjected to radiative forcing, it responds by warming which
increases longwave radiation emissions, eventually reaching a new radiative equilibrium.
The largest part of the additional heat is stored in the ocean. Heat is initially taken up
globally in the surface layer, but later predominantly in the subpolar regions (Rose and
Rayborn, 2016). The surface warms heterogeneously, with polar amplification and larger
temperature increases over land. In the polar regions, significant positive albedo feedbacks
exists because of the presence of land and sea ice (Stuecker et al., 2018). The radiative
balance is strongly controlled by cloud cover and changes therein provide both positive
and negative feedbacks to warming (Ceppi et al., 2017). Three cloud responses are robust
in climate models: (1) increase of free tropospheric cloud altitudes provides a positive
longwave feedback, (2) reduction in tropical low cloud amount is a positive shortwave
feedback, (3) increasing optical depth of high latitude clouds is a negative SW feedback.
Combined, all cloud feedbacks are the largest source of uncertainty in climate models with
a range of 0.13 to 1.24 W m 2 K 1 (Caldwell et al., 2016).
Climate sensitivity quantifies how much the global mean surface temperature (GMST)
changes in response to radiative forcing; there are several measures of climate sensitivity.
The Transient Climate Response (TCR) is the warming at the point of CO2 doubling
in an idealized 1%/year CO2 increase experiment. The Equilibrium Climate Sensitivity
(ECS) is the equilibrated response of the GMST to a doubling of CO2 which is equivalent
to a radiative forcing of 3.7 W m 2 . By definition, the equilibration is limited here to
fast processes with time scales less than approximately 100 years (Knutti and Hegerl,
2008); slower processes, like carbon cycle feedbacks or ice sheet adjustments, are not
taken into account. Both climate sensitivity measures are idealized concepts, useful to
compare models and identify uncertainties in models. The Fifth Assessment Report of the
Intergovernmental Panel on Climate Change estimates the likely ECS range (defined as
66% likelihood) of 1.0 4.5 K (Stocker et al., 2013). A more recent review of the current
ECS literature uses a Bayesian approach combining several lines of evidence to narrow this
range to 2.6 3.9 K (Sherwood et al., 2020). The initial black body radiation response
to warming, called the Planck feedback, is negative and would limit warming to only
1.1 K for a doubling of CO2 (Knutti and Hegerl, 2008). This, in turn, implies that with
an ECS of 3 K more than half of the warming is due to feedbacks other than the initial
Planck feedback. Within CMIP5 the TCR of CESM1(CAM5) is 2.3 K (Table 9.5 in Flato
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et al. (2013)) and the ECS is 4.10 K (Meehl et al., 2013). The strengths of the individual
atmospheric feedbacks can be determined with radiative transfer kernels and are given
in W m 2 K 1 . Pendergrass et al. (2018) estimate the following feedback strengths for
CESM1.1.2-CAM5: Planck ( 3.2), lapse rate ( 0.58), water vapour (2.1), albedo (0.51),
cloud (0.66). Across models, cloud feedbacks are the largest source of uncertainty as even
their sign is uncertain (Stocker et al., 2013).
Mesoscale eddies are resolved when the eﬀective horizontal ocean model grid spacing
is smaller than the first internal Rossby radius of deformation (Hallberg, 2013). These
eddies have numerous eﬀects on the climate system (McWilliams, 2008); some of which are
captured through eddy parameterizations (Gent and McWilliams, 1990; Zanna et al., 2017).
Eddies alter the mean flow through through processes such as upgradient momentum
transfer (Greatbatch et al., 2010) or eddy saturation (Constantinou and Hogg, 2019)
The advection and diﬀusion of heat by eddies aﬀects the ocean model’s circulation and
stratification. Boundary currents in strongly-eddying models transport significant amounts
of heat poleward where it interacts with the cryosphere (Docquier et al., 2019). Small-scale
air-sea interactions are necessary in setting the correct fluxes and their variability (Kirtman
et al., 2012; Roberts et al., 2017). Strongly-eddying ocean models exhibit a significant
reduction in biases (cf. Chapter 2).
It stands to reason that the response of the climate system to forcing is aﬀected by eddies
both because of the altered mean state, and because explicitly simulated processes may
respond diﬀerently than parameterized ones. The local and/or global ocean heat uptake in
response to abrupt radiative forcing has been found to be stronger with explicitly simulated
eddies than parameterized ones in at least one climate model (Putrasahan et al., 2021).
Patterns of changing Sea Surface Temperature (SST) also directly influence the climate
response by altering the shortwave cloud feedback (Rose et al., 2014; Zhou et al., 2017).
The correct simulation of boundary currents and their separation points reduces local
SST biases and consequently air-sea fluxes of heat and moisture impacting cloud cover
and precipitation. The model’s sea ice state and response, with its own strong positive
feedbacks, is aﬀected by the model’s ability to correctly simulate the ocean meridional
heat transport (Fuentes-Franco and Koenigk, 2019). The Atlantic Meridional Overturning
Circulation (AMOC) may respond diﬀerently when eddies are resolved due to diﬀerences in
simulated North Atlantic Deep Water formation (Jackson et al., 2020). In fact, the AMOC
response exerts a stronger control in the transient climate sensitivity than resolution per
se (Winton et al., 2014).
This Chapter describes the climate response of two CESM configurations, one with stronglyeddying oceans and one with non-eddying oceans, to two radiative forcing scenarios: one
scenario of plausibly rising future CO2 concentrations and one of abrupt CO2 quadrupling.
The simulations and the climate state indicators are introduced in the subsequent Methods
section. In Section 6.3, we analyze the general climate response through these indicators
and calculate various measures of climate sensitivity. We examine patterns of surface
warming and ocean heat uptake. Finally, we investigate two aspects of the response in
more detail, the radiation balance with their associated changes in cloud cover and the
polar response. Section 4 discusses these results and summarizes the findings.

6
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6.2 Methods
Simulations

6

In this Chapter, we compare results of four simulations: two radiative forcing scenarios
in two CESM configurations. The first scenario prescribes the CO2 concentrations of the
RCP8.5 scenario until 2100, but other greenhouse gases are held constant at year 2000
levels and land use does not change. The second scenario is an abrupt quadrupling of
CO2 , simulated for 50 years. We refer to these scenarios as ‘RCP’ and ‘4⇥CO2 ’ from
hereon. The CESM 1.1.2 simulations with a non-eddying 1 ocean grid spacing, typical
of CMIP5 and CMIP6 simulations, is called ‘LR-CESM’. The CESM 1.0.4 simulations
with strongly-eddying 0.1 ocean grid spacing is called ‘HR-CESM’. For both CESM
configurations there are accompanying present-day control simulations called ‘CTRL’
that use constant year 2000 greenhouse gas concentrations. The HR-CESM RCP and
4⇥CO2 simulations are started at CTRL year 200, while the LR-CESM RCP and 4⇥CO2
simulations are started at model year 500 and 1200, respectively. If not otherwise indicated,
anomalies are calculated with respect to the averages of years 200-230 (HR-CESM RCP
and 4⇥CO2 ), 500-530 (LR-CESM RCP), and 1190-1220 (LR-CESM 4⇥CO2 ), respectively.
These simulations are described in more detail in Chapter 2.
In addition to the horizontal grid, the vertical ocean grid also changes with 42 levels to
6000 m in HR-CESM and 60 levels to 5500 m in LR-CESM. The HR-CESM ocean grid
makes use of partial bottom cells enabling the representation of important bathymetry
features which are important for the overflow characteristics (Smith et al., 2010). In
contrast to that, the LR-CESM ocean grid uses full cells only and employs an overflow
parametrization. The atmosphere grid resolution is approximately 0.5 in HR-CESM
and 1 in LR-CESM. The diﬀerence in model version introduced some changes to the
atmosphere model, namely an upgrade from CAM5 to CAM5.2 with accompanying changes
to the cloud parametrization.
We compare our relatively short simulations with the CESM 1.0.4 simulations submitted to LongRunMIP which uses the LR-CESM atmosphere and ocean grid resolutions
(Rugenstein et al., 2020). There are a 1000 year pre-industrial control simulation and a
5,900 year 4⇥CO2 simulation initiated from the control simulation. The global mean surface temperature of the latter equilibrates at 6.76 ± 0.03 K above its initial pre-industrial
state.
Climate state variables
We analyze the climate state through some commonly used indicators which we define here
in the rectilinear model coordinates: x in the zonal direction, y in the meridional direction,
z in the vertical. The Global Mean Surface Temperature (GMST) is the globally-averaged
surface temperature at any given moment and we use annual averages. The Atlantic
Meridional Overturning Circulation (AMOC) is the zonally-averaged flow of Atlantic
surface waters northward, their sinking at high latitudes, and southward return at depth.
We define the AMOC here at 26°N and 1000 m depth:
Z x=E Z z=0
AMOC(t) =
v(x0 , y, z 0 , t) dz 0 dx0 ky=26 N ,
(6.1)
x=W

z=1000 m
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where the zonal integral is from the western to the eastern shore of the Atlantic. The
ocean heat content is defined as
Z
OHC = cp ⇢✓ dV,
(6.2)

where cp = 3996 J kg 1 K 1 is the specific heat capacity of sea water, ⇢ its density, and ✓
the potential temperature.
Due to the large temperature diﬀerence between the Sun and the Earth, their emission
spectra are well separated such that shortwave (SW) and longwave (LW) radiation can
easily be distinguished. The sun emits SW radiation which is subsequently absorbed,
reflected, and scattered in the atmosphere and at the Earth’s surface. Longwave radiation,
on the other hand, is emitted by the Earth’s surface and the atmosphere itself into space
and aﬀected by clouds and the gases of the atmosphere. The net radiative imbalance at
the top of the atmosphere is
T OA = SWin

SWout

LWout ,

(6.3)

in W m 2 , such that positive values lead to warming.
The atmosphere model (CAM5) models diﬀerent cloud types that aﬀect the both SW and
LW radiation. Outside the polar areas, clouds are brighter than the surface and hence
reflect more SW radiation back to space. Clouds also trap LW radiation and warm the
surface while their LW emission to space depends on their temperature which is a function
of altitude. Droplet size and liquid water vs. ice content aﬀect the optical thickness. In
CAM5, three cloud altitude classes are diﬀerentiated: low clouds below 3 km (680 mb),
medium clouds between 3 and 7 km (440 and 680 mb), and high clouds above 7 km
(440 mb) (Kay et al., 2012). These are, vertically integrated, available as two-dimensional
model output.
Climate sensitivity
The climate system responds to positive radiative forcing by warming. The temperature
response to radiative forcing can be quantified by the climate sensitivity. The linear
forcing-feedback regression analysis of Gregory (2004), generally simply referred to as
the ‘Gregory method’, is based on the GMST response to a step function change in
greenhouse gases. Linearizing around the current climate state by keeping only the first
temperature dependent term of a Taylor expansion, the model of this response is (Knutti
and Rugenstein, 2015):
N = F ↵ T,
(6.4)
RR
RR
where N =
T OA dA/
dA is net globally-averageded radiative imbalance at the
top of the atmosphere (in W m 2 ), F the radiative perturbation (the initial radiative
forcing), ↵ the climate feedback parameter, and T the temperature change. Commonly,
the regression is performed using yearly averages of an abrupt forcing experiment (N vs.
T ) which tend towards the equilibrium. Initially without any temperature change at
T = 0 K, the flux at the top of the atmosphere (TOA) is the initial radiative perturbation
N = F . At the equilibrium N = 0 W m 2 , the climate sensitivity parameter is S 0 = ↵1 = FT
and specifically, the equilibrium climate sensitivity is defined as the response to a doubling
of CO2 :
ECS = T⇤,2⇥CO2 .
(6.5)

6
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Since annual means are often used, feedbacks faster than 1 year (stratospheric, tropospheric,
sea surface and land surface) are included and the combination is called the adjusted
radiative forcing. Because of the rapid initial warming, a better estimation is usually
achieved when a certain number of initial years is ignored (Dai et al., 2020). We also
perform the regression analysis ignoring the first 20 years of data.
The Gregory method leverages the fact that the radiative imbalance goes to zero and
the GMST stabilizes at a new value. The linear regression approach can be extended to
include additional variables which fulfill these properties (Bastiaansen et al., 2021). With
the resulting multi-component linear regression the ECS can potentially be estimated more
robustly and with less data as more than only the dominant eigenmode can be captured.
The multi-component linear regression model (MC-LR) is
~ + F~ ,
Y~ = AX

6

(6.6)

~ and Y~ are two sets of observables. The former reaches a new equilibrium value (e.g.
where X
the GMST) and the latter contains variables that tend to zero in equilibrium (such as the
~ ⇤ where
radiative imbalance N ). The MC-LR fit determines the matrix A and F~ := AX
the star subscript denotes the equilibrium. Bastiaansen et al. (2021) use the shortwave
albedo and longwave emissivity and their time derivatives as additional variables. We
find that for our short time series the albedo and emissivity are too linearly dependent on
GMST to be useful as the resulting matrix becomes nearly singular and the estimates of
equilibrium temperature vary wildly. We use the globally-integrated ocean heat content,
OHCglobal , and its time derivative, dOHCglobal / dt, to perform a two-component linear
regression MC-LR(T,OHC).
The warming in a 1%/year CO2 increase scenario at the time of CO2 doubling in year
70 is the TCR which use a somewhat slower CO2 increase (CO2 doubling occurs after
78 years instead of 70 years; see Fig. 2.3).

6.3 Results
6.3.1 Climate and ocean state response to forcing
Figure 6.1 shows the response of the HR- and LR-CESM simulations under the RCP and
4⇥CO2 forcing scenarios. The TOA radiative imbalance N gradually increases with the
increasing CO2 concentrations of the RCP simulation despite the concurrent warming
(Fig. 6.1a/c). In the 4⇥CO2 scenario, the imbalance is largest at the start when the
climate system has warmed least (Fig. 6.1b/d). The HR- and LR-CESM simulations exhibit
indistinguishable trends in the radiative imbalance N , but the LR-CESM inter-annual
variability is higher due to a stronger ENSO (see zonally-averaged Fig. 6.3b/e below,
and Wieners et al. (2019)). The global mean surface temperature response is similarly
almost identical between the simulations for both forcing scenarios (Fig. 6.1c/d). The
HR(LR)-CESM warming of the last decades is 2.95 ± 0.11 K (2.76 ± 0.12 K) for the RCP
scenario and 4.66 ± 0.09 K (4.74 ± 0.09 K) for the 4⇥CO2 scenario where ± denotes the
interannual standard deviation. Trends of GMST of the concurrent control simulations are
negligible and removing them changes the warming by less half the interannual standard
deviation (< 0.05 K). The integrated TOA N matches almost perfectly the ocean heat
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Figure 6.1: Climate and ocean indicator time series of the HR- (blue) and LR-CESM (orange)
response to the RCP (left) and 4⇥CO2 (right) forcing scenarios. From top to bottom: the
radiative imbalance at the top of the atmosphere T OA, the global mean surface temperature
anomaly GMST, the time-integrated radiative imbalance N (1 YJ = 1024 J), and the AMOC
strength measured at 26°N and 1000 m depth (1 Sv = 106 m3 s 1 ). The thin lines in the GMST
panels (c/d) are the concurrent control simulations which do not exhibit trends significantly
diﬀerent from zero. For the 4⇥CO2 , the LongRunMIP contribution of CESM1-CAM5 (which
started from pre-industrial conditions; version 1.04 in the LR-CESM configuration) is also plotted
as a black dashed line. The grey shading indicates the last decades of the simulations whose
averages are subsequently used for comparison with the control simulations.
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uptake (compare Figs. 6.1e/f and 6.5 below) due to the small heat capacity of the land
and the atmosphere. Interestingly, the LR-CESM ocean takes up slightly more heat under
the RCP scenario, but slightly less under the abrupt 4⇥CO2 forcing compared to the
HR-CESM ocean. The AMOC strength starts out very similarly around 20 Sv in both
simulations and decreases similarly under the RCP scenario. Under the 4⇥CO2 scenario
HR-CESM shows a gradual AMOC decline, while LR-CESM first exhibits a slower decline,
then a temporary recovery around 2030, before settling in a lower overturning state than
HR-CESM. As a consequence of the recovery, the Arctic sea ice maximum decreases with a
small delay due to the additional heat transport by the AMOC (Fig. 6.13b below). When
the AMOC strength subsequently declines at an unprecedented rate, the GMST increases
strongly.
The LongRunMIP 4⇥CO2 simulation which starts from a pre-industrial as opposed to a
present-day control state, exhibits less radiative imbalance, less warming and less ocean
heat uptake. Ultimately, this simulation warms about 6.73 K, but in the decade of years
40-50 only warmed 3.83 ± 0.10 K or 57% of its final warming. The LongrunMIP CESM
AMOC decreases more slowly than either the HR- or LR-CESM AMOC until 2050, then
stays approximately constant until 2100 before recovering slowly to the control strength
(half the recovery in about 1,000 years; not shown).

6.3.2 Climate sensitivity

6

Using the relatively short time series, which are far from equilibrium, we extrapolate
the equilibrium warming response using the linear regression method of Gregory (2004).
Figure 6.2a shows (inverted) Gregory plots of the 4⇥CO2 experiments with the linear
regression of Eq. 6.4 using various data ranges. Thick lines use the first 50 years of
data, which is the length of the HR-CESM 4⇥CO2 simulation, while thin lines use all
available data, 90 years for LR-CESM and 5,900 years for the 4⇥CO2 LongRunMIP CESM
contribution. Solid lines use data from the first year and dashed lines ignore the first
20 years. The LongRunMIP simulation shows how severely the ECS is underestimated
when using only the first 50 years of data. The equilibrium warming is 6.66 K independent
of whether the first 20 years are included, but using only years 20-50 extrapolates to a
temperature response of 5.51 K or 82% of the final warming. Both HR- and LR-CESM
20-50 year estimates are much higher than the LongRunMIP 20-50 year estimate with
7.02 K and 7.64 K, respectively. Panel (c) shows the estimated temperature response as
a function of the time up to which data is used. The LongRunMIP CESM simulation
shows how all estimation methods perform better than using the simulated temperature
diﬀerence (dotted line) and ignoring the first 20 years outperforms the Gregory fit to all
data. The LongRunMIP CESM simulation’s long term evolution is shown in the inset
plot in panel (c) and shows how slowly all estimation models approach the true value
(grey line in inset plot). Across the LongRunMIP model ensemble, the estimates using
the first 150 years underestimate the final warming by 17% (Rugenstein et al., 2020).
For LR-CESM, the fit from 20 years shows a large increase around year 35 (also visible
in Fig. 6.4a). This is an artifact of the sudden warming following the collapse of the
temporarily revived AMOC (Figs. 6.1h and 6.4b). Interestingly, the LR-CESM GMST
does not increase in the 40 years following year 50 (small orange dots in panel (b)).
Figure 6.2b shows the evolution of the OHCglobal against the GMST which is used in
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Figure 6.2: Estimated climate sensitivity from 4⇥CO2 CESM simulations. (a) Gregory plots of
the LongRunMIP CESM (version 1.0.4; black), HR-CESM (1.0.4; blue), and LR-CESM (1.1.2;
orange) experiments. The plots are inverted so that all panels share the same temperature
y-axis and the HR- and LR-CESM data is shifted by 2 and 4 W m 2 for visual clarity. Solid and
dashed lines are linear fits to annual data from year 0 and 20, respectively. Thick lines fit data
up to year 50, thin lines all data (90 years for LR-CESM, 5,900 years for LongRunMIP). (b)
The globally-integrated ocean heat content anomaly vs. the global mean surface temperature
anomaly. Large markers in (a) and (b) are the first 50 years, small markers the rest of the data.
(c) The GMST response (dotted) and various estimates of the equilibrium temperature as a
function of time. The Gregory regression uses data from year 0 (solid) and from year 20 (dashed).
The multi-component linear regression estimates are shown as dash-dotted lines. Estimates are
based on at least 20 years of data. The inset panel shows all estimates for the LongRunMIP
simulation. The simulated temperature approaches the equilibrium slowly which is estimated at
6.66 K and indicated by a grey lin in the inset plot. In the inset plot, the raw temperature data
has been smoothed with a 30 year running mean for clarity.
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the multi-component linear regression model, MC-LR(T,OHC). The GMST responds
more quickly than the OHCglobal which rises almost linearly in time in the first 50 years
~ in our
(Fig. 6.1f). The MC-LR method works only when the diﬀerent components of X,
case GMST and OHCglobal , are linearly independent which is not the case in the first few
years. The MC-LR(T,OHC) estimates are higher than the traditional Gregory estimates
at the ends of the HR- and LR-CESM simulations, respectively. The HR-CESM estimates
are generally lower than the LR-CESM estimates as also the GMST response is slightly
lower (Fig. 6.1d).
We can approximate the transient climate response with the warming around year 2078 of
the RCP simulation (Fig. 6.1c). The 20 year GMST average around the year 2078 where
CO2 doubles is 2.06 K for HR-CESM and 2.03 K for LR-CESM. The reported transient
climate sensitivity for the LR-CESM is 2.3 K (Flato et al., 2013).

6.3.3 Surface temperature and heat storage response
As the globally-integrated response is so similar between HR- and LR-CESM, we investigate
the spatial patterns of warming and heat uptake in more detail. By comparing the RCP
and 4⇥CO2 responses, we aim to find robust patterns of HR- and LR-CESM diﬀerences.
Surface air temperature changes
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Figure 6.3a–f shows Hovmöller plots of the zonally-averaged surface air temperatures for
both RCP and 4⇥CO2 scenarios and HR- and LR-CESM configurations together with
the last decade’s zonally-averaged temperature anomalies with respect to the control
simulations (Fig. 6.3g). The first striking feature is the polar amplification. This is a well
known phenomenon connected to longwave radiation feedbacks, a strong surface albedo
feedback, and enhanced atmospheric and oceanic heat transport (Manabe and Wetherald,
1975; Stuecker et al., 2018; van der Linden et al., 2019). The LR-CESM 4⇥CO2 simulation
exhibits an extreme Arctic heating event around 2035 due to the AMOC behavior (compare
Figs. 6.3d/f and 6.1h). The LR-CESM 4⇥CO2 AMOC behavior is also the cause for the
meridionally asymmetric response in the low- to mid-latitudes (orange dashed line). This
makes the LR-CESM 4⇥CO2 Arctic meridional gradient in the trend/diﬀerences (orange
dashed line north of 50°N) larger than the HR-CESM gradient.
In the 4⇥CO2 scenario, LR-CESM shows higher polar temperatures than HR-CESM while
in the RCP scenario, HR-CESM exhibits stronger polar amplification than LR-CESM. In
the Arctic and Antarctic, this is because the RCP HR-CESM sea ice suddenly decreases
in model years 2090 and 2080, respectively (Fig. 6.13a/c), just where the comparison in
Fig. 6.3g is made. In the gradually warming RCP scenario (Fig. 6.3a/e), the HR-CESM
Antarctic temperatures exhibit multidecadal temperature variations with little warming
until about 2040, then fairly stable temperatures until about 2080, and finally another
warming phase. This multidecadal variability coincides with a stepwise decrease in the
Antarctic sea ice maximum (see Fig. 6.13c below). ENSO is another feature visible around
the equator and LR-CESM continues to show stronger inter-annual tropical variability
than HR-CESM.
Figure 6.4 shows maps of surface temperature changes between the last decades of
the simulations and the respective control simulations. The zonal-mean features of
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Figure 6.3: Zonally-averaged surface air temperatures anomalies relative to the control simulations for the HR- (left) and LR-CESM (center) simulations and the RCP (top) and 4⇥CO2
(middle) simulations. The diﬀerence between the HR- and LR-CESM simulation is shown on the
right. Panel (g) shows the zonally-averaged temperature anomaly of the last decade.
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Figure 6.4: Surface air temperature anomalies of the HR- (left) and LR-CESM (center)
simulations in the last decades of the RCP (top) and 4⇥CO2 (bottom) simulations with respect
to the control simulations. The diﬀerence between the HR- and LR-CESM response is shown on
the right.

6

Fig. 6.3 are also visible here, in particular the polar amplification. In the low- to midlatitudes continents warm more than the surrounding oceans. The HR-CESM simulation is
consistently (in both RCP and 4⇥CO2 scenarios) warmer over South America, sub-Sahara
Africa, Greenland, and north-western Europe. The HR-CESM simulation is colder than
LR-CESM over North Africa and disagrees in the sign of the HR-CESM LR-CESM
surface temperature change over Antarctica, Australia, North America, Eastern Europe,
and Central Asia. The HR-CESM subtropical Atlantic Ocean is warmer than in LR-CESM,
as is the North Pacific. All simulations exhibit a warming hole in the North Atlantic due
to the reduced AMOC strength (Fig. 6.1g/h). The Gulf Stream separation point and the
subpolar gyre extension along the US North-East coast is better represented in HR-CESM
than in LR-CESM (which does not represent the circulation well in this region). On
the other hand, there is less warming in HR-CESM further oﬀshore in both RCP and
4⇥CO2 . Over the Southern Ocean, HR-CESM generally warms less north of the Antarctic
Circumpolar Current and more near the Antarctic coast in the Atlantic and Indian Ocean
sectors.
Ocean heat uptake
HR- and LR-CESM show a very similar heat uptake (Fig. 6.1e,f), but ultimately what
is of interest for warming and feedback patterns is the distribution of heat (Rose et al.,
2014). The upper 1.6 m of the ocean has the same heat capacity as the atmosphere and
consequently, almost all of the retained heat due to radiative forcing is stored in the
ocean. Figure 6.5 shows the ocean heat uptake per basin for the two scenarios and two
CESM configurations. The global and Southern Ocean heat uptake response is similar
for HR- and LR-CESM, in the RCP scenario LR-CESM takes up more heat and in the
4⇥CO2 scenario it takes up slightly less heat than HR-CESM. In both RCP and 4⇥CO2
simulations the HR-CESM Atlantic takes up more and the Pacific less heat compared to
LR-CESM. The AMOC response is similar between HR- and LR-CESM, so the volume
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Figure 6.5: Ocean heat uptake as a function of time and depth globally and for the diﬀerent
ocean basins. (a/b) Time series of the changing OHC for both the HR- (solid lines) and LR-CESM
(dashed) simulations under the RCP and 4⇥CO2 scenarios (in 1 YJ = 1024 J). (c/d) The change
in OHC as a function of depth and basin. The horizontal lines mark the 100 m and 700 m levels
used in Figs. 6.6 and 6.7.
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transport component of advective downward transport of heat likely not a cause these
diﬀerences.
One diﬀerence between strongly-eddying and non-eddying ocean models is their representation of processes contributing to vertical heat transport (Wolfe et al., 2008; Griﬃes et al.,
2015; Morrison et al., 2016; von Storch et al., 2016). Figure 6.5c–d shows the heat uptake
as a function of depth in the diﬀerent simulations with the heat uptake generally decreasing
with depth. The depth structure of the heat uptake is similar in this basin-integrated
sense except for the 4⇥CO2 Southern Ocean. The vertical gradients in ocean heat uptake
(OH) diﬀer between the ocean basins. While the Pacific and Southern Oceans take up
most heat close to the surface, the Atlantic stores relatively more heat at depth and warms
less at the surface due to the heat exchange facilitated by the AMOC.

6
Figure 6.6: The vertically-integrated OHC diﬀerence between the last decade of the RCP
simulation and the control simulation for diﬀerent depth layers (rows). The columns show maps
for the HR- (left) and LR-CESM (center) simulations and their diﬀerence (right).

Figures 6.6 and 6.7 show the vertically-integrated OHC changes for the RCP and 4⇥CO2
scenarios, respectively. The OHU is separated into the top 100 m, 100 700 m, and below
700 m. All simulations warm almost everywhere with the exception of part of the central
North Atlantic subpolar gyre in the upper 700 m; this North Atlantic warming hole is more
pronounced in HR-CESM than LR-CESM. In the top 100 m, HR-CESM is consistently
(in both the RCP and 4⇥CO2 scenarios) warmer than LR-CESM in the Arctic, most of
the North Pacific, the North American and European coasts of the Atlantic, most of the
tropical Atlantic and Indian Oceans, the Caribbean and Gulf of Mexico, the Maritime
Continent around Indonesia, Eastern Australia, and the Argentine Basin (Figs. 6.6/6.7c).
The tropical Pacific surface waters warm less in HR- than in LR-CESM and the diﬀerence
patterns disagree in their sign in large parts of the Southern Ocean. In the deep ocean
below 700 m, the HR-CESM Atlantic up to 30°N away from the South American coast
warms more than LR-CESM. There is zonally asymmetric pattern across the Atlantic
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Figure 6.7: Like Fig. 6.6 but for the 4⇥CO2 scenario.

below 700 m suggesting a diﬀerent response of the deep western boundary return current
between HR- and LR-CESM. The deep ocean oﬀshore of the Antarctic coast is consistently
warmer in HR-CESM than in LR-CESM (Figs. 6.6/6.7i) while it is colder in large parts of
the intermediate depth range (although warmer in parts of the coastal counter currents).

6.3.4 The radiative response
The radiative balance describes how incoming shortwave (SW) radiation is oﬀset by
outgoing shortwave and longwave (LW) radiation. Locally the radiation is generally out
of balance and the resulting diﬀerential heating is the driving force behind atmospheric
and oceanic flows which are responsible for the meridional heat flux (Fig. 6.8a/b). Under
radiative forcing, the TOA radiation balances change as temperatures, surface albedo, and
cloud cover change. Clouds interact with radiation in a complex manner by absorbing,
scattering, and reflecting it. Net incoming SW radiation is generally decreased by all cloud
types as they increase the albedo. Depending on the cloud altitude and hence temperature,
net TOA LW radiation may increase or decrease. The clearsky radiation can be calculated
in models and neglects the eﬀect of clouds. The SW clearsky changes are related to surface
albedo changes, while LW clearsky changes relate to temperature changes throughout the
atmospheric column.
Radiation changes
Figure 6.9 shows the net LW and SW radiation changes as a response to increasing
CO2 . It shows the zonal-mean diﬀerence of the 2091-2100 (2041-2050) decadal average
of the RCP (4⇥CO2 ) simulations to the control simulations. We investigate the eﬀect
of clouds by comparing the net clearsky radiation, net radiation (i.e. including clouds),
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Figure 6.8: The atmospheric radiation balance and cloud type distribution. (a) The zonal-mean
radiative balance. (b) The implied total northward heat flux. (c) The zonal-mean fraction of
diﬀerent cloud types.

6

and their diﬀerence. Under the radiative forcing scenarios, the SW clearsky (Fig. 6.9a)
only significantly changes in the high latitudes as sea ice and snow cover (and with it
albedo) decrease. The polar clouds increase in optical thickness and hence reflect more SW
radiation back to space (Ceppi et al., 2017). The tropical incoming SW radiation increases
as low tropical cloud cover decreases (cf. Figs. 6.9c, 6.10a). The LW clearsky radiation
(Fig. 6.9d) shows both the cooling tropical stratosphere and the Arctic amplification of
surface temperatures. For the total radiation (Fig. 6.9g), the albedo reduction due to sea
ice and snow cover loss dominates in the high latitudes, while the reduction in LW cooling
dominates in the low latitudes. At almost all latitudes, the net clearsky radiation change
is positive, indicating that all simulations are far from equilibrium (cf. Figs. 6.9h, 6.1a/b).
Only in Antarctica is the increase in cloud-free LW outgoing radiation stronger than the
increase in net SW radiation.
Cloud changes
Figure 6.10 shows the zonally-averaged cloud cover changes for low, medium, and high
clouds, as well as the total cloud cover. The reduction in cloud cover in all forcing scenarios
of the low- and mid-latitudes (Fig. 6.10d) reduces the albedo and hence increases the
absorbed SW radiation (Fig. 6.9b/c). In the Arctic and over the Southern Ocean, increased
cloud cover has the opposite eﬀect, reducing absorption of SW radiation. In Antarctica,
there is little diﬀerence between the clouds’ albedo and that of the snow/firn covering the
ice sheet and hence little change in the shortwave radiation due to changes in clouds. For
the LW radiation, the reduced cloud cover of the low- and mid-latitudes results in more
outgoing LW radiation (Fig. 6.9e/f). This overcompensates the reduction in outgoing LW
radiation due to reduced stratospheric temperatures. In the Arctic, an increase in low
clouds suppresses outgoing LW radiation. In the low- to mid-latitudes, the cloud change
eﬀects largely compensate, but in the Southern Ocean and the Arctic, the SW eﬀects of
increased albedo dominates and globally clouds dampen the increase in absorbed heat
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Figure 6.9: Zonal-mean radiation changes with respect to the control simulation mean and
2091-2100 decadal average in the RCP scenario (orange) and the 2041-2050 decadal average of
the 4⇥CO2 scenario (red). The shortwave radiation (a–c) is defined positive into the atmosphere,
while the longwave (d–f) radiation is defined positive outward. The total radiation (g–i) is
SWin -LWout and hence positive inward. The left column shows the clearsky radiation changes,
the center column the net radiation changes including clouds, and the right column the diﬀerence,
i.e. the eﬀect of the clouds.
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Figure 6.10: Changes in zonal-mean cloud cover for the various cloud types.

6

(Fig. 6.9h/i).
Diﬀerences between the RCP and 4⇥CO2 simulations are largely a matter of magnitude
with the 4⇥CO2 changes being stronger than the RCP changes. The eﬀect of clouds on
the Arctic radiation balance is much larger between the RCP and 4⇥CO2 simulations due
to the increased temperature diﬀerence relative to the HR-CESM diﬀerence (Fig. 6.4g).
Furthermore, radiation cloud eﬀects between 30°S and 60°S are diﬀerent between HR- and
LR-CESM, both in low and medium clouds (cf. Figs. 6.10, 6.11 and 6.12 ).
Figures 6.11 and 6.12 show the global distribution of the cloud type fractions and their
changes under the RCP and 4⇥CO2 scenarios. Low clouds are the dominant cloud type
over the Arctic and Southern Oceans. In the Arctic, an increase in all cloud classes in
response to the forcing scenarios is larger in HR-CESM than LR-CESM (Fig. 6.11a/f/i).
In the tropical Pacific, medium and high clouds exhibit a consistent zonal asymmetry
between HR- and LR-CESM in both RCP and 4⇥CO2 scenarios. This is because the
western tropical Pacific LR-CESM medium and high cloud cover increases more strongly
than that of HR-CESM. Overall, patterns of cloud cover are largely consistent between
HR- and LR-CESM and the RCP and 4⇥CO2 (Figs. 6.11 and 6.12 panels d/e and g/h).

6.3.5 The polar response
The strong polar amplification seen in Fig. 6.1 motivates a closer inspection of the models’
polar response. In particular, the diﬀerence in albedo between a sea ice-covered and an
ice-free ocean acts as a strong feedback. Sea ice also reduces atmosphere-ocean exchanges of
momentum, heat, and moisture. Figure 6.13 shows time series of the Arctic and Antarctic
sea ice extreme extents for both the RCP and 4⇥CO2 scenarios. At the start of the
simulations, both HR- and LR-CESM show very similar Arctic extrema, but HR-CESM
has more Antarctic sea ice than LR-CESM (Fig. 2.9). The winter maxima match the
observations well, but the summer minima are generally too low (Fig. 2.9) With the
commonly defined threshold at 1 ⇥ 106 km2 both simulations are already end-of-summer
‘ice-free’ in most years at the beginning of the RCP simulations (Fig. 6.13e). The interannual variability between Arctic maxima, and Antarctica extreme is similar between HR-
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Figure 6.11: Low (upper) and medium (lower panels) cloud changes in HR- (left) and LR-CESM
(middle) and their diﬀerence (right). The top row shows the CTRL mean state, the middle row
changes in the last decade of the RCP simulation with respect to the CTRL simulation, and the
bottom row changes of the the 4⇥CO2 simulations.
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Figure 6.12: Like Fig. 6.11 but for high (upper) and total (lower panels) cloud changes.
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Figure 6.13: Time series of Arctic and Antarctic sea ice extent during maximum and minimum
extent. For the Arctic maximum (minimum) the March (September) monthly averages are shown,
for the Antarctic the months are reversed. Grey shading indicates the periods used for comparing
the RCP and 4⇥CO2 simulations’ changes to the CTRL simulation. Note the diﬀerent vertical
scales.

150 |

Chapter 6 – Response and Sensitivity of CESM to Radiative Forcing

and LR-CESM.
Under both forcing scenarios, the sea ice maximum extents decline similarly in both HRand LR-CESM. The HR-CESM RCP simulation exhibits an enhanced loss of Antarctic
sea ice around 2080 followed by an abrupt Arctic sea ice loss after 2090. The HR-CESM
Antarctic extreme extents show hints of multidecadal variability with periods of enhanced
decline and periods of relative stability (and even growth in the last decade of the 4⇥CO2
simulation) despite the steadily increasing radiative forcing. The LR-CESM southern
high latitudes warm more strongly under the abrupt forcing compared to the HR-CESM
simulation (cf. Figs. 6.1f/g). In the 4⇥CO2 scenario, the LR-CESM Arctic sea ice decreases
temporarily following the temporary AMOC recovery in 2030 (Fig. 6.1h). Under the
abrupt 4⇥CO2 forcing, both the Arctic and Antarctic sea ice rapidly disappears completely
at the end of summer while the decline is more gradual under the steadily increasing RCP
forcing until even the Antarctic summer sea ice is absent in the last decades of the century.

6

Figure 6.14: Antarctic subsurface ocean heat content changes between the last and first decades
between 100 700 m. The top row shows the RCP scenario and the bottom row the 4⇥CO2
scenario. In panel (c), colored lines indicate the Levermann et al. (2020) regions which are used
for calculating the ice sheet response to ocean warming.

Relatively warm subsurface waters around Antarctica are responsible for basal melt of ice
shelves which constitutes about half of the mass lost to the Antarctic Ice Sheet (AIS). These
ice shelves slow the dynamic ice loss by providing back stress to Antarctic outlet glaciers.
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Changing subsurface temperatures thus control the future evolution of this important mass
loss component of the AIS. Figure 6.14 shows the subsurface warming between 100 and
700 m. Because eddies mediate the meridional heat transport and narrow coastal currents
exist that are only resolved in HR-CESM, diﬀerent subsurface warming responses result.
While the LR-CESM warms nearly uniformly, the HR-CESM response is spatially more
heterogeneous. Levermann et al. (2020) uss response functions to parameterize the ice
sheet response to subsurface warming based on spatially-averaged temperature anomalies
(indicated by colored outlines in Fig. 6.14c). Warming anomalies are calculated for a 200 m
depth interval centered around depths ranging from 305 to 429 m depending on the region,
i.e. not the 100 700 m range presented in Fig. 6.14, but similar patterns are expected
to occur in the narrower depth ranges. The diﬀerent resulting AIS sea level contribution
was investigated by van Westen and Dijkstra (2021) and the HR-CESM simulation was
found to exhibit significantly less sea level rise in this parameterization. However, while
the framework may be justified for coarse coarse resolution models with homogeneous
warming, it may not be suitable for strongly-eddying models like HR-CESM. Because
the warming is so heterogeneous and the inflow location of water masses responsible for
basal melt is so important, a more detailed approach may be necessary. For example,
subsurface waters oﬀ the coast of the most vulnerable ice streams of the Western Antarctic
Ice Sheet–Thwaites and Pine Island glaciers–exhibit less warming in HR-CESM. How
robust this response and its dependence on model resolution is should be the focus of
future research.

6.4 Summary and Discussion
We compared the climate response of two CESM configurations, the strongly-eddying
‘HR-CESM’ and the non-eddying ‘LR-CESM’ to two radiative forcing scenarios and
found that the global climate response to forcing is remarkably insensitive to the ocean
resolution increase. Because of their eﬀects on ocean heat uptake, resolving mesoscale
eddies can lead to a diﬀerent climate response (Putrasahan et al., 2021). The gradually
increasing radiative forcing of the ‘RCP’ scenario represents a higher-end future climate
change scenario allowing us to determine the Transient Climate Response. The abrupt
‘4⇥CO2 ’ experiment enables us to extrapolate the Equilibrium Climate Sensitivity. As the
4⇥CO2 simulations are rather short due to the high computational cost of the HR-CESM
simulation, we complement the analysis by including the equilibrated 5,900 year, 4⇥CO2
CESM 1.0.4 simulation submitted to LongRunMIP (Rugenstein et al., 2020). In the
absence of multiple ensemble members that would allow us to remove internal variability,
the two scenarios can tell us which part of the signal is likely a robust feature of climate
change. Features are likely robust when the response agrees in its sign in both RCP and
4⇥CO2 and/or HR- and LR-CESM simulation. This is true also for HR-/LR-CESM model
diﬀerences, but here we need to further take into account eﬀects of the diﬀerent model
versions, diﬀerent atmospheric resolutions, and diﬀerent initial conditions.
In the first part of this Chapter, we looked at the general climate state response via a few
global indicators and found that HR- and LR-CESM respond very similarly (Fig. 6.1).
Both models exhibit very similar warming trends under both forcing scenarios (Figs. 6.1c/d,
6.3) and the oceans take up approximately the same amount of heat (Figs. 6.5). There
are robust regional diﬀerences in where the heat is stored and at the surface, this may
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well aﬀect the overall climate feedback strength through the so-called pattern eﬀect (Rose
et al., 2014). This eﬀect describes the atmospheric feedback response to surface warming
mediated, in large parts, by diﬀerent cloud responses (Zhou et al., 2017). The zonally
and globally-integrated cloud responses are similar between HR- and LR-CESM (Figs. 6.9
and 6.10). The AMOC similarly decreases in both simulations, although the LR-CESM
simulation exhibits a short, temporary recovery around 2030. The LongRunMIP 4⇥CO2
AMOC slowly recovers to its initial value starting 100 years after the CO2 increase after
staying constant for some 50 years. However, the HR-CESM AMOC may not recover as
an analysis of an AMOC stability criterion for the RCP simulation has shown that it likely
enters a bistable regime while the LR-CESM simulation does not (Jüling et al., 2021b).
We estimated the Equilibrium Climate Sensitivity (ECS) and Transient Climate Response
(TCR) of the HR- and LR-CESM simulations. Under the 4⇥CO2 scenario, we found
higher climate sensitivity estimates for HR- and LR-CESM than for the LongRunMIP
simulation using values of years 20-50, with values of 7.02 K, 7.64 K, and 5.51 K (these
are twice the ECS). Using only 50 years of data for the linear regression extrapolation
leads to an underestimation of the final warming, even the traditionally used 150 years
underestimate the final warming (Gregory, 2004; Taylor et al., 2012; Rugenstein et al.,
2020). Using all data of the LongRunMIP results in a climate sensitivity estimate of
6.66 K, some 20% higher than at year 50. We also use a multi-component linear regression
suggested by Bastiaansen et al. (2021) for short simulations using the globally-integrated
ocean heat content and its time derivative as additional state variables. This method
results in similar estimates as the Gregory method ignoring the first 20 years of data.
With the RCP simulations we approximate the TCR at 2.06 K (2.03 K) instead of the
published value of 2.3 K (Flato et al., 2013). How delayed CO2 doubling time of the RCP
simulation compared to the ‘1pctCO2’ simulation (year 2078 vs. 2070) and the slightly
non-exponential CO2 concentration increase (Fig. 1.2 in Chapter 2) would aﬀect the
TCR estimation is a priori not clear. Both ECS and TCR values are likely diﬀerent from
published values because we initiate the experiments from present-day conditions while
the CMIP5 ‘abrupt4xCO2’ and ‘1pctCO2’ experiments start from pre-industrial control
simulations (Taylor et al., 2012). The eﬀect of the diﬀerent initial conditions cannot be
clearly separated by comparing the LR-CESM and LongRunMIP simulations as they
also use diﬀerent model versions. Present-day simulations are warmer than pre-industrial
simulations and hence have less sea ice such that related positive feedbacks (mainly the
sea ice-albedo feedback) are likely reduced in their strength, that is, some feedbacks and
by extension climate sensitivity are state dependent.
Apart from the global similarities, there are important and consequential regional and
time evolution diﬀerences. In the HR-CESM Southern Ocean multidecadal variability
occurs which modulates both the RCP and 4⇥CO2 sea ice response (Fig. 6.13c/d; Jüling
et al. (2021a)). While the RCP Arctic maximum sea ice extent evolution is very similar
between the models, HR-CESM experiences a sudden drop in the last decade of the
century (Fig. 6.13a) coinciding with the stronger Arctic amplification in this model
configuration (Fig. 6.3e/g). In the LR-CESM 4⇥CO2 simulation, the temporary recovery
of the AMOC (Fig. 6.1h) manifests itself in GMST (Fig. 6.3d) and decreased Arctic sea
ice cover (Fig. 6.13b). The mean state and response around the Gulf Stream extension
diﬀer markedly between the models (Figs. 6.4, 6.6, 6.7). Furthermore, subsurface ocean
temperatures around Antarctica (Fig. 6.14) impact basal melt rates of ice shelves which in
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turn control the dynamic response of the Antarctic Ice Sheet. These processes are not
included in current coupled climate models.
There are several challenges for estimating climate sensitivity from our simulation. First,
with 50 years, the HR-CESM 4⇥CO2 is very short, the LR-CESM simulation also is
only 90 years. There are furthermore atmospheric resolution and CESM model version
diﬀerences between HR- and LR-CESM that can make it diﬃcult to isolate the eﬀects of
ocean resolution. When comparing to published results, another issue is that the initial
state of the simulations is a present-day state and not a pre-industrial state as traditionally
done. Lastly, our control simulations are not equilibrated with a remaining TOA radiative
imbalance of N = 0.206 W m 2 (0.165 W m 2 ) following the branch-oﬀ points for the
HR-CESM (LR-CESM) simulation. There is also the assumption of linearity in forcing,
i.e. that a quadrupling results in double the temperature response than a doubling of
CO2.
If computational cost was no obstacle, the experimental design could be improved. First,
to compare to CMIP5 results and perform the standard ECS estimation method, the
experiment design should be followed in terms of initial conditions (pre-industrial vs.
present-day), simulations length (150 years for the 4⇥CO2 experiment), and greenhouse
gas concentration pathway (either all greenhouse gases change as in the CMIP5 RCPs
or only CO2 rises exponentially at 1% per year). Second, the model version between
HR-CESM (1.0.4) and LR-CESM (1.1.2) should be the same, but they diﬀer in their
cloud parametrization which is a very important component of the climate response.
Third, to isolate the eﬀect of the ocean grid spacing, the atmosphere resolution should be
equal. Furthermore, sensitivity experiments would need to be considered to determine the
dependence of the results on ocean model parameters, in particular those of the horizontal
and vertical mixing schemes. Lastly, an ensemble would let allow for a quantification
of the internal variability, like the multidecadal variability seen in the Southern Ocean
(Fig. 6.13c/d), and likeliness of abrupt transitions, like the HR-CESM sea ice transitions
(Fig. 6.13a/c) of the temporary AMOC recovery of LR-CESM (Fig. 6.1h)
In conclusion, both HR- and LR-CESM respond globally very similarly to the two radiative
forcing scenarios such that their climate sensitivity is equal within their uncertainty.
Previous work had found that the climate sensitivity is more related to the AMOC
response than the ocean resolution per se (Winton et al., 2014), and the HR- and LRCESM AMOC strengths respond indeed very similarly. That there is no fundamental
diﬀerence in global climate response bolsters confidence in the projections of current
generation climate models which predominantly employ non-eddying oceans. However,
there are robust diﬀerences in the pattern of ocean heat uptake. While ocean resolution
significantly reduces local biases it appears to not alter the global response systematically
and using expensive, strongly-eddying oceans in climate models does not lead to a climate
sensitivity paradigm shift.

6

7
Summary, Outlook and Conclusions
In this Chapter, we briefly summarize the key findings of the research presented in this
thesis and answer the scientific questions posed at the beginning. We further discuss
some avenues for future research and technical development before finishing with some
concluding remarks.

7.1 Summary
Three key aspects of the climate system are its mean state, its variability and its response
to forcing. In this thesis, we have shed light on all three by investigating the behaviour
of a state-of-the-art coupled climate model. The climate mean state should be modeled
as faithfully as possible by models so we can trust and use them. Climate variability on
all timescales, including extreme events, sets the requirements for resilience of human
and natural systems. In addition, natural variability is a source of predictability if well
understood and correctly modelled. The response of the climate system to forcing is of
great importance to decision making. For example, climate sensitivity can tell us how
much carbon humanity has left to emit in order to stay below a certain global mean surface
temperature target. Furthermore, when attempting to attribute changes to anthropogenic
forcing, it is crucial to be able to distinguish between natural variability and forced changes.
The oceans play a crucial role in the climate system as they cover the majority of
the Earth’s surface, provide the largest heat reservoir, actively contribute to climate
variability, and provide a source of predictability. Humanity depends on the oceans for
food, transport, trade, energy, and well-being. Though seemingly endless, the oceans are
impacted dramatically by climate change (Pörtner et al., 2019). At the same time, the
oceans also provide a host of solutions to climate change. To model our oceans correctly
is thus an important and worthwhile scientific goal. For ocean models in particular, but
also climate models in general, three ways exist to improve these models with increasing
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computing power: increasing resolution to make some subgrid-scale parameterizations
obsolete, including more complex and complete physics, and increasing the ensemble size
or simulation length.
In this thesis, we set out to investigate the eﬀects of increasing the ocean model resolution
in a coupled climate model, the Community Earth System Model (CESM), on climate
variability. The climate models of the current CMIP6 coupled model generation employ
almost exclusively low-resolution (LR) ocean grids which only allow for non-eddying,
laminar ocean flow, but our high-resolution (HR) simulations feature strongly-eddying
flows and eliminate the need for some subgrid-scale parameterization. We focus on the
mean state of the climate, its multidecadal variability, and its sensitivity to forcing. With
the research presented in the preceding Chapters, we attempted to answer the research
questions posed in the introduction which we repeat here for convenience:
How does the strongly-eddying CESM compare to the non-eddying
CESM in its present-day climate state?

7

We found that strongly-eddying ocean models improve the simulation of the mean climate
state. This is expected, in part, because some important small-scale flow features, like
western boundary currents and mesoscale eddies, can only be resolved at high resolution
and air–sea interactions improve significantly (Kirtman et al., 2012). Subgrid-scale parameterizations cannot capture all of these mesoscale eﬀects. In Chapter 2, we showed
globally reduced biases in SSTs, precipitation-evaporation patterns, surface salinity, dynamic sea level variability, and Antarctic sea ice extent. We used a range of observational
datasets from ship- and mooring-based surveys as well as satellites to assess these model
biases. In Chapter 5, we compared the hydrological cycle and the Atlantic–Arctic salinity
distribution to observations. We found that the HR-CESM exhibits reduced biases in the
surface exchanges of freshwater compared to LR-CESM. We also found a reduced salinity
distribution bias at 34°S in the Atlantic which is important as the salinity distribution
there determines the sign of the freshwater-advection feedback with consequences for
the stability of the AMOC. In fact, we found that only the HR-CESM simulation shows
indications that the AMOC enters a bistable regime under forcing. However, no model is
perfect and also the HR-CESM retains some biases. For example, as a consequence of the
constant year-2000 forcing, the simulations are slightly too warm and the Arctic sea ice
minima are underestimated. Thus, as expected and like many previous studies, we have
found significant improvements in the simulated climate mean state.
How does multidecadal variability change when resolving mesoscale
eddies?
In Chapter 3, we investigated three modes of multidecadal variability expressed as SST
patterns in the Atlantic, Pacific, and Southern Oceans by comparing eddying and noneddying CESM control simulations to observations. We found that climate models with
strongly-eddying oceans simulate stronger low-frequency variability than non-eddying
models. This is a non-trivial finding as the the timescale of mesoscale variability is much
shorter than the multidecadal timescale. We found that HR-CESM consistently exhibits
a higher ratio of multidecadal-to-interannual variability than the LR-CESM and that
only the spectra of the HR-CESM indices exhibit multidecadal variability significantly
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exceeding red noise null hypotheses. In addition, we found that the expressed SST
patterns generally match the observations better, although the relatively short length of
the simulated and the observational time series presented a challenge as was the temporally
non-linear forcing experienced by the real climate system. In Chapter 4, we focused on
the mechanism of the Southern Ocean Mode using the mechanical energy cycle view.
In a strongly-eddying, ocean-only POP simulation, we found that the Southern Ocean
energetics are consistent with eddy–mean flow interaction mechanism proposed by Hogg
and Blundell (2006). This original proposition is based on a quasi-geographic model
which is simpler than our primitive equation model where large-scale convection coincided
with the energy oscillations. As a result, we conclude that CMIP5 and CMIP6 models
with their non-eddying oceans may very well systematically underestimate multidecadal
variability. While enhanced natural variability increases the threshold for attributing
changes to forcing, it also provides a source of predictability.
How does resolving mesoscale eddies influence the model response
to climate change scenarios?
We found nuanced diﬀerences and similarities between HR- and LR-CESM responses
to forcing in Chapters 2, 5, and 6. For globally-integrated variables, such as the global
mean surface temperature or the global ocean heat content, there is little diﬀerence in the
response to gradual and abrupt radiative forcing between HR- and LR-CESM. Regionally,
however, there are significant diﬀerences in the response. For example, in Chapters 2
and 6, we see that the sea ice is more sensitive to forcing in HR-CESM and shows signs
of multidecadal variability in its decline which are absent in LR-CESM. In Chapter 5,
we looked at the response of the hydrological cycle to a strong climate change scenario
until 2100 and found similar large-scale responses between HR- and LR-CESM. Again
though, locally the responses may diﬀer significantly, for example around the Gulf Stream
which shifts northward under climate change in the HR-CESM aﬀecting the associated
tracer transports. In Chapter 6, we used short instant CO2 quadrupling simulations to
estimate the climate sensitivity of the two simulations and found very similar surface
warming in response. Based on these short simulations, we did not find a diﬀerence in
the climate sensitivity due to the presence of mesoscale eddies. However, by comparing
two forced simulations (abrupt 4⇥CO2 and RCP), we have found robust patterns of
warming diﬀerences between HR- and LR-CESM. In conclusion, while there are robust
and important regional diﬀerences and hints at diﬀerences in ocean heat uptake between
strongly-eddying and non-eddying models, these do not manifest in globally-integrated
variables. This assessment is based on very short, and hence not nearly equilibrated,
simulations whose interpretation is troubled by internal variability.
Can we trust current models which overwhelmingly employ noneddying ocean components or is there a paradigm shift when resolving
new physics?
Employing strongly-eddying oceans in coupled climate models is important to reduce model
biases, in particular in regions of strong mesoscale eddy activity and narrow boundary
currents but also in a globally-integrated sense. We also show that there are systematic
improvements in the low-frequency, multi-decadal variability in strongly-eddying models.

7
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However, our results suggests that for the global climate response, eddying ocean models
do not lead to a paradigm shift for the climate response. The diﬀerences between models
are much larger than the diﬀerences between strongly-eddying and non-eddying model
versions. This is good news as it fosters trust in the current generation of models especially
with respect to their projections of future climate change. While the current, non-eddying
climate models have proved their utility, there are climate aspects that cannot be resolved
with coarse ocean models. For example, only strongly-eddying models can simulate the
small scale variability necessary for extreme events such as marine heat waves (Pilo et al.,
2019). Routinely employing strongly-eddying ocean components is thus a logical step
in the evolution of coupled climate models and certainly this will be the case in CMIP7
generation of climate models.

7.2 Outlook

7

Naturally, the research presented in this thesis can be extended in many ways. One
limitation of the analysis is that it relies on single simulations for the various radiative
forcing scenarios. With unconstrained resources, a larger ensemble of these simulations
would be desirable and especially insightful regarding internal variability; an ensemble of
the LR-CESM exists (Kay et al., 2015). On the other hand, the long-term behavior of
the AMOC in response to forcing would also be interesting to investigate as the stability
criterion diﬀers between LR- and HR-CESM. To mitigate the single-simulation challenge,
we have used both the RCP simulation and the 4⇥CO2 simulation to infer robust diﬀerences
in response patterns. Instead of having a large high-resolution CESM ensemble, a better
use of the limited computational resources would be to perform high-resolution simulations
with other climate models to find robust response diﬀerences between non-eddying and
strongly-eddying models.
The current generation of climate models is fit for many purposes (Stocker et al., 2013;
Pörtner et al., 2019), but there remain many avenues for improving them. Climate models
are far from a perfect representation of the real world with known biases, uncertainties,
and many lacking processes (and hence feedbacks). The largest uncertainty between
CMIP5&6 class model responses remains their cloud representation. In some cases the
absence of processes is justified as the feedback timescales are much larger than the time
horizon of the scientific questions. For example, as of CMIP6, there are no ice sheet
models incorporated in Earth System models. For the height–mass balance feedback this
is justified as the Greenland Ice Sheet geometry will not significantly change in the 21st
century even under strong emission scenarios (Aschwanden et al., 2019). On the other
hand, the additional melt water input into the North Atlantic from a melting Greenland
ice sheet can significantly alter the AMOC. One obvious avenue of model development,
extrapolating the research presented here, is increasing the resolution to directly simulate
phenomena that would otherwise have to be parameterized. We have shown that the
ocean benefits in many ways from an increase to strongly-eddying resolution of 0.1°.
When the atmosphere grid spacing is decreased to 0.25°, tropical cyclones start being
resolved (Chu et al., 2020). Due to the destructive potential of tropical cyclones, simulating
them in climate change projections will prove very useful. Increasing the atmospheric
resolution further, kilometer-scale atmospheric models allow for the explicit representation
of convection in the atmosphere (Schär et al., 2020).

| 159

Because low-frequency variability can be a source of predictability, research into the
underlying mechanisms must continue. Ideally, observations can be used for falsification of
mechanisms but this remains challenging, in part due to the limited length of high-quality
observations and in part due to the concurrent anthropogenic forcing.

7.3 Conclusions
In this thesis, we presented research concerning the climate mean state, climate variability
and climate response conducted with the Community Earth System Model. We found
that increased ocean resolution leads to reduced biases and tangible benefits. Globallyintegrated quantities and their response to forcing, such as the GMST or OHC but also
large-scale warming patterns are well represented in non-eddying models which bolsters
trust in the current generation of climate models. In fact, we found the same climate
sensitivities in both the HR- and LR-CESM. However, we showed that multidecadal
variability is systematically underestimated relative to interannual variability in the noneddying CESM. Further, in part due to reduced salinity biases and in part due a stronger
response, we found that the strongly-eddying CESM enters a bistable AMOC regime under
a realistic climate change scenario. Despite similar AMOC responses in the first century
between the strongly-eddying and non-eddying models, this may result in drastically
diﬀerent equilibrium states. It is thus desirable that the next CMIP generation Earth
System Models should contain strongly-eddying ocean components.
Not every aspect of climate change is known yet or even knowable and exciting research
opportunities remain. Climate modeling will remain our core tool for advancing our
understanding of the climate system as well as for use in climate projections. In order
to constrain these models better and to evaluate proposed mechanisms of low-frequency
variability, we need to continue invaluable Earth system observations such as the in-situ
ARGO, RAPID, OSNAP programs or remote sensing missions like the Copernicus Sentinel
series. To gauge the quality of the model response to forcing, hindcasts and palaeoclimate
simulations have proved very useful, but only time will tell the quality of our projections
of the climate response to our current and future greenhouse gas emissions and land use
changes.
The opportunities for further research are no barrier to action on climate change, however.
In light of our limited preparedness for a diﬀerent climate state and many ecosystem’s
inability to adapt to rapid climate change, known suﬃciently for decades, we need to
reduce greenhouse gas emissions as much and fast as possible.
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Open Science
Open science aims to make scientific knowledge openly available, accessible, and reusable.
There are many good reasons to pursue open science from both the public’s and the
scientists’ perspective. The public pays for much research and the results thereof should
be freely accessible to everyone. Knowledge grows by sharing it and this is especially
relevant in an international context where the burden of paying for research should be
according to ability. Open science also promotes eﬃciency in that less resources are wasted
in pursuit of already-performed, but unpublished research and in developing a shared
base of open tools. Researchers gain, for example, by being able to reproduce previously
published results. Open-science practices include open access to published results, open
access to data, open-science evaluation like open peer review, and ensured reproducibility
via published code and the use of version controlled open-source software.
In this thesis, I strove to follow these best practices. All articles we published are open
access and thankfully, open-access publishing is now supported by all Dutch universities.
This thesis is also published under Creative Commons licenses. I used, where possible opensource software, and made minor contributions to some of them. My code is published under
open licenses in permanent repositories on zenodo.org and should enable reproducibility
with the caveat that terabyte-sized CESM output could not be made permanently publicly
available. My ORCID is 0000-0003-2554-9641.

Open source software
A major challenge for high-resolution GCM analysis is the large amount of data that is
produced by state-of-the-art models which is a challenge that will only increase in the
future. It becomes infeasible to store and process output data locally and analysis will need
to migrate to the data storage on high-performance computing systems or cloud services.
This can co-benefit reproducibility in that code is more easily shared and less specific to a
researcher’s personal computing environment. One important aspect of this reproducibility
is that tools are open source and algorithms can be inspected by anyone. The Pangeo
community advances the development of many open-source tools and workflows, while the
ESMValTool community works on a climate model analysis framework (Bock et al., 2020;
Eyring et al., 2019). Another aspect of reproducibility is that model and analysis code
must be stored long term in a publicly accessible manner (and not only be available "upon
request to the authors") alongside metadata such as the machine architecture and versions
of software used to produce the results. This has many advantageous side eﬀects, such
as code being reused (and reinventing-the-wheel avoided) and scrutinized. The current
ocean model of the Community Earth System Model as it is used in this thesis is the
Parallel Ocean Program. Although the model code can be accessed and modified, it misses
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advantages of open-source development such as pull requests from users of the model.
The next CESM version will use the Modular Ocean Model version 6 (MOM6) which is
publicly hosted and developed on GitHub, significantly lowering the contribution barrier.
In the analysis work presented in this thesis, I have benefitted from many open-source
software projects, including, but not limited to: Jupyter Notebooks and Jupyterlab
as interactive python development environments for integrated notebook-style analysis
(Kluyver et al., 2016), xarray for labelled array operations (Hoyer and Hamman, 2017),
matplotlib for plotting (Hunter, 2007), cartopy for creating maps (Met Oﬃce, n.d.),
NumPy for array operation (Harris et al., 2020), SciPy contains myriad scientific algorithms
(Virtanen et al., 2020), pandas for dataframe handling (McKinney, 2010), xESMF as an
xarray integration of the ESMF regridding software (Zhuang et al., 2020).

Code availability
Much of my code for the analysis of the Community Earth System Model is available at
https://github.com/AJueling/CESM and the code for reproducing the published figures
are permanently stored at zenodo.org:
Chapter 1, 2, and 6: A. Jüling (2021c). Code for Chapter 1, 2, and 6 figures. doi:
10.5281/zenodo.5522446
Chapter 3: A. Jüling (2021a). Code and documentation to recreate results in Ocean
Science "Eﬀects of strongly eddying oceans on multidecadal climate variability in the
Community Earth System Model ". doi: 10.5281/zenodo.5043928
Chapter 4: A. Jüling (2018). Lorenz Energy Cycle analysis code. doi: 10.5281/zenodo.
1414359
Chapter 5: A. Jüling (2021b). Code and documentation to reproduce results of Ocean
Science paper "The Atlantic’s freshwater budget under climate change in the Community
Earth System Model with strongly eddying oceans". doi: 10.5281/zenodo.4537845
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