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Samenvatting	
	
Klimaatverandering	als	gevolg	van	menselijke	uitstoot	van	koolstofdioxide	vormt	een	
van	de	grootste	uitdagingen	waar	de	wereld	op	dit	moment	voor	staat.	Door	stijgende	
temperaturen	 en	 veranderende	 neerslagpatronen	worden	 ecosystemen	 verstoord	 en	
kan	 de	 voedselzekerheid	 in	 gevaar	 raken.	 Zeeniveaustijging	 als	 gevolg	 van	 smeltend	
landijs	is	een	probleem	dat	pas	op	langere	termijn	ontstaat,	maar	is	daarom	niet	minder	
gevaarlijk.	 Honderden	miljoenen	mensen	 leven	 in	 kustgebieden,	 en	 het	 risico	 dat	 zij	
lopen	 bij	 stormen	 en	 springvloeden	 wordt	 al	 bij	 enkele	 tientallen	 centimeters	
zeeniveaustijging	aanmerkelijk	groter.	Hoewel	het	zo	snel	mogelijk	 reduceren	van	de	
wereldwijde	koolstofdioxide-uitstoot	daarom	noodzakelijk	is,	zullen	er	zelfs	in	de	meest	
optimistische	scenario’s	maatregelen	moeten	worden	genomen	om	ons	aan	te	passen	
aan	de	nu	al	in	gang	gezette	zeeniveaustijging.	Om	te	bepalen	wat	voor	maatregelen	er	
precies	 nodig	 zullen	 zijn	 is	 het	 heel	 belangrijk	 om	 deze	 stijging	 accuraat	 te	 kunnen	
voorspellen.	
	
Het	 smelten	 van	 de	 Groenlandse	 en	 Antarctische	 ijskappen,	 een	 van	 de	 grootste	
bijdragen	 aan	 de	 zeeniveaustijging,	 gebeurt	 echter	 heel	 langzaam;	 door	 hun	 enorme	
formaat	kan	het	tientallen	jaren	duren	voor	een	verandering	in	klimaat	een	merkbaar	
effect	 heeft	 op	 de	 ijskap,	en	 honderden	 tot	 duizenden	 jaren	 voordat	 deze	 een	nieuw	
evenwicht	heeft	bereikt.	Hierdoor	is	het	niet	haalbaar	om	zeeniveauvoorspellingen	te	
baseren	op	enkel	observaties	van	de	ijskap	–	om	een	goed	beeld	te	krijgen	van	de	manier	
waarop	de	ijskappen	smelten	zouden	we	decennialang	moeten	wachten.	Hierom	maakt	
men,	naast	alle	verschillende	observaties,	gebruik	van	ijskapmodellen	die	de	evolutie	
van	een	ijskap	als	gevolg	van	een	verandering	in	het	klimaat	kunnen	voorspellen.	Ook	
hierbij	vormt	de	trage	respons	van	de	ijskap	echter	een	probleem,	omdat	het	erg	moeilijk	
is	om	het	model	te	ijken	met	behulp	van	observaties.	
	
Een	oplossing	voor	dit	probleem	wordt	gezocht	 in	de	paleoglaciologie:	de	studie	van	
gletsjers	en	ijskappen	in	het	(verre)	verleden.	In	het	verleden	heeft	de	aarde	meerdere	
grote	 klimaatveranderingen	 ondergaan,	 die	 vrijwel	 altijd	 gepaard	 gingen	 met	 grote	
veranderingen	in	het	volume	van	de	verschillende	ijskappen.	Door	een	ijskapmodel	te	
gebruiken	om	deze	eerdere	veranderingen	te	simuleren,	en	het	model	vervolgens	zo	te	
kalibreren	dat	de	gesimuleerde	 ijskappen	overeenkomen	met	het	geologische	bewijs,	
kunnen	 we	 het	 model	 ijken	 en	 op	 die	 manier	 meer	 vertrouwen	 creëren	 in	
zeeniveauprojecties	voor	de	toekomst.	
	
Om	de	evolutie	van	ijskappen	in	een	veranderend	klimaat	te	kunnen	simuleren	is	het	
belangrijk	om	de	wisselwerking	op	de	lange	termijn	tussen	deze	ijskappen,	het	klimaat,	
de	oceaan	en	de	aarde	zelf	te	begrijpen.	Wanneer	een	ijskap	smelt	en	terugtrekt	komt	het	
onderliggende	gesteente	vrij.	Een	stuk	land	dat	eerst	nog	bedekt	was	met	witte	sneeuw	
en	ijs,	die	het	meeste	inkomende	zonlicht	weerkaatsen,	bestaat	nu	uit	donkere	aarde	en	
rots,	die	het	meeste	zonlicht	absorberen.	Dit	versterkt	de	aanvankelijke	opwarming	die	
zorgde	 voor	 het	 terugtrekken	 van	het	 ijs:	 een	 zogenaamde	positieve	 terugkoppeling.	
Doordat	de	smeltende	ijskap	dunner	wordt	komt	het	oppervlak	lager	in	de	atmosfeer	te	
liggen,	waar	het	warmer	is:	nog	een	positieve	terugkoppeling.	Zoet	smeltwater	van	de	
ijskap	stroomt	de	zoute	oceaan	in,	waar	het	oceaanstromingen	kan	beïnvloeden.	Deze	
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oceaanstromingen	transporteren	warmte	van	de	evenaar	naar	de	polen,	waarmee	ze	het	
klimaat	rondom	de	ijskap	beïnvloeden.	Al	deze	verschillende	processen	zorgen	ervoor	
dat	een	verandering	in	één	component	van	het	“aardsysteem”	vrijwel	altijd	zorgt	voor	
veranderingen	 in	alle	andere	 componenten.	Om	de	evolutie	 van	 ijskappen	 te	 kunnen	
simuleren	is	het	dus	heel	belangrijk	deze	processen	te	begrijpen,	en	ze	in	een	model	te	
kunnen	vatten.	
	
In	dit	proefschrift	wordt	een	aantal	van	deze	processen	verwerkt	in	een	reeds	bestaand	
ijskapmodel.	Dit	verbeterde	ijskapmodel	wordt	vervolgens	gebruikt	om	de	evolutie	van	
de	 grote	 continentale	 ijskappen	 tijdens	 verschillende	 periodes	 uit	 het	 geologische	
verleden	te	simuleren.	
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1.1	Overview	
	
Anthropogenic	 climate	 change	 is	 one	 of	 the	 largest	 challenges	 facing	 society	 today.	
Although	mitigating	the	magnitude	of	climate	change	by	reducing	CO2	emissions	is	of	
vital	 importance,	 even	 the	 most	 optimistic	 of	 future	 scenarios	 will	 still	 result	 in	
significant	warming	(Collins	et	al.,	2013;	van	Vuuren	et	al.,	2011).	One	of	the	inevitable	
consequences	of	 the	warming	 is	 sea-level	 rise	due	 to	 the	melting	of	 land	 ice	and	 the	
thermal	 expansion	 of	 the	 ocean	 (Bamber	 et	 al.,	 2019).	 In	 order	 to	 determine	 an	
adaptation	and	mitigation	strategy,	accurate	projections	of	sea-level	rise	are	required.	
The	vast	size	of	the	large	ice	sheets	on	Greenland	and	Antarctica	lead	to	a	slow	response	
to	a	change	in	climate:	it	takes	years	to	decades	before	a	change	in	climate	even	begins	
to	significantly	affect	ice	sheet	growth	or	retreat,	and	hundreds	to	thousands	of	years	to	
reach	a	new	equilibrium.	This	implies	that	observational	time	series	are	too	short	and	
not	sufficient	to	predict	future	ice-sheet	evolution.	Therefore,	we	use	ice-sheet	models	in	
addition	 to	 observations,	 to	 predict	 the	 evolution	 of	 glaciers	 and	 ice	 sheets	 under	 a	
changing	climate.		
	
The	 slow	 response	 of	 ice	 sheets	 implies	 that	 validating	 model	 results	 by	 field	
observations	 alone	 is	 not	 sufficient.	To	 overcome	 this	problem,	 palaeoglaciology,	 the	
study	of	the	past	behaviour	of	glaciers	and	ice	sheets,	is	helpful.	In	the	geological	past,	
Earth’s	 climate	 has	 undergone	 major	 changes,	 some	 even	 larger	 than	 the	 ongoing	
present	anthropogenic	change,	 though	probably	not	quite	as	 fast.	Often	 these	climate	
changes,	in	particular	the	glacial	cycles	of	the	Pleistocene	(the	period	between	2.6	million	
and	 11,700	 years	 ago),	 were	 accompanied	 by	 large	 changes	 in	 ice-sheet	 size,	 and	
therefore	sea	level.	By	studying	the	relation	between	the	climate	and	the	ice	sheets	in	the	
past,	 and	 trying	 to	 reproduce	 their	 evolution	 with	 models,	 we	 contribute	 to	 the	
understanding	of	the	Earth	system,	and	the	response	of	ice	sheets	in	the	future.	
	
A	complication	that	is	implicit	in	palaeoglaciology	more	than	in	future	projections,	is	that	
the	 interaction	 between	 ice	 sheets	 and	 climate	works	 in	 two	 directions.	 Changes	 in	
temperature	 and	 precipitation	 patterns	will	 affect	 how	much	 snow	accumulates	 and	
melts	 on	 an	 ice	 sheet.	However,	 changes	 in	 ice	extent	and	 geometry	 also	affect	 local	
temperatures	 through	 changes	 in	 surface	 albedo	 and	 altitude,	 and	 in	 addition	 affect	
precipitation	 through	 orographic	 forcing	 and	 changes	 in	 large-scale	 atmospheric	
circulation.	 Changes	 in	 ocean	 temperatures	 affect	 the	melting	 of	 floating	 ice,	 but	 the	
addition	of	large	amounts	of	fresh	melt	water	to	the	ocean	can	affect	ocean	currents.	
	
As	a	consequence,	a	change	in	any	part	of	the	Earth	system	will	directly	or	indirectly	
affect	 all	 the	 other	 parts.	 Throughout	 Earth’s	 geological	 past,	 all	 the	 different	
components	 changed	 in	 concert,	 continuously	 affecting	 each	 other	 through	 coupling	
effects	 and	 the	 associated	 feedback	 processes.	 Any	 model	 that	 aims	 to	 successfully	
simulate	 the	behaviour	of	one	or	more	components	will	 therefore	need	 to	 include	an	
accurate	representation	of	the	interactions	and	feedback	processes	in	the	Earth	system.	
	
This	thesis	aims	to	incorporate	several	of	these	feedback	processes	into	an	existing	ice-
sheet	model,	and	use	that	model	configuration	to	reproduce	the	behaviour	of	ice-sheets	
during	different	episodes	during	the	past	several	million	years.
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1.2	 Climate	 and	 ice	 sheet	 changes	 over	 the	 last	 few	 million	
years	
	
1.2.1	Palaeoclimate	from	ocean	sediments	and	ice	cores	
A	major	difficulty	in	studying	the	behaviour	of	ice	sheets	and	the	global	climate	in	the	
distant	past	is	that	we,	humans,	were	not	there	to	record	it.	Data	from	satellites,	covering	
almost	the	entire	globe,	are	only	available	for	the	last	few	decades.	Local	instrumental	
records	 date	 back	 a	 few	 centuries.	 Before	 that,	we	 have	 to	 turn	 to	 other	 sources	 of	
information.	
	
For	the	time	periods	we	are	interested	in,	dating	back	hundreds	of	thousands	of	years,	
two	major	sources	of	information	are	available:	ocean	sediment	cores	and	ice	cores.	In	
many	 places	 around	 the	 world,	 conditions	 in	 the	 ocean	 allow	 the	 shells	 of	 dead	
foraminifera	(a	type	of	planktonic	organism)	to	sink	down	to	the	sea	floor,	where	they	
can	remain	intact	for	millions	of	years	(Lisiecki	and	Raymo,	2005;	Zachos	et	al.,	2001,	
2008).	 The	 chemical	 and	 isotopical	 composition	 of	 these	 fossil	 shells	 can	 provide	
information	about	 the	global	climate	at	 the	 time	 the	organism	was	alive.	At	 the	same	
time,	we	can	obtain	a	wealth	of	palaeoclimate	information	from	ice	cores.	Ice	sheets	are	
essentially	very	large	piles	of	fossil	snow.	In	places	on	Antarctica,	where	the	ice	has	not	
deformed	too	much	under	its	own	weight,	drilling	to	the	bottom	and	recovering	the	core	
yields	ice	over	800,000	years	old	(Lüthi	et	al.,	2008).	
	
Important	information	about	past	climates	from	both	sea-floor	sediments	and	ice	cores	
is	 gained	 from	 the	 isotopical	 composition	 of	 oxygen	 and	 hydrogen.	 Oxygen	 in	 the	
atmosphere	occurs	in	three	stable	forms:	16O	(99.76	%),	17O	(0.04	%)	and	18O	(0.2	%),	
whereas	 hydrogen	 has	 only	 two	 stable	 isotopes:	 1H	 (99.98	 %)	 and	 2H	 (0.02	 %),	
commonly	called	“deuterium”.	The	lighter	isotopes	are	by	far	the	most	common,	whereas	
the	heavy	isotopes	are	very	rare.	The	difference	in	mass	between	the	different	isotopes	
has	a	very	small	effect	on	the	physical	and	chemical	properties	of	molecules	containing	
them.	For	example,	a	water	molecule	containing	a	heavy	isotope	has	a	slightly	higher	
boiling	point	than	one	composed	of	the	more	common	lighter	atoms.	This	means	that,	as	
water	evaporates,	 the	heavy	 isotopes	 tend	 to	 remain	 in	 the	 liquid	phase,	 causing	 the	
vapor	phase	to	be	slightly	depleted	in	heavy	isotopes	–	a	phenomenon	called	“Rayleigh	
fractionation”	(Dansgaard,	1964).	Since	water	vapor	contains	fewer	heavy	isotopes,	and	
ice	sheets	are	formed	entirely	out	of	snow,	which	is	formed	by	condensation	of	water	
vapor,	ice	sheets	too	have	a	lower	concentration	of	heavy	isotopes	than	the	ocean.	As	the	
ice	sheets	grow	during	a	glacial	cycle,	and	more	and	more	depleted	water	is	stored	in	the	
ice	 sheets,	 the	 heavy	 isotope	 concentration	 in	 the	 ocean	 increases.	 The	 foraminifera	
living	 in	 the	 sea	 will	 reflect	 this	 signal	 in	 the	 isotopic	 composition	 of	 their	 shells,	
recording	it	 for	millions	of	years.	Due	to	this	enrichment	in	heavy	isotopes,	the	water	
that	evaporates	from	the	ocean	during	a	glacial	cycle	also	contains	more	heavy	isotopes	
than	 it	 does	 during	an	 interglacial.	 The	water	 vapour	 that	 eventually	 condenses	 into	
snow	and	precipitates	onto	an	ice	sheet	will	reflect	this	signal,	storing	it	in	the	ice.	Thus,	
time	series	of	heavy	isotope	concentrations	from	ice	cores	show	largely	the	same	signal	
as	those	from	sediment	cores	(Alley	et	al.,	2000;	Jouzel	et	al.,	1997;	Kindler	et	al.,	2014).	
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However,	 the	 magnitude	 of	 the	 fractionation	 that	 occurs	 during	 precipitation	 and	
condensation	depends	on	temperature.	This	means	that	the	isotope	signal	from	an	ice	
core	does	not	only	reflect	the	total	global	ice	volume,	but	also	the	temperature	over	the	
ice	 sheet	 (Jouzel	 et	 al.,	 1997).	 Similarly,	 the	 fractionation	 that	 occurs	 when	 oxygen	
dissolved	in	the	ocean	is	absorbed	into	the	calcite	shell	of	a	foraminiferum	also	depends	
on	temperature.	The	isotope	signal	from	an	ocean	sediment	core	therefore	reflects	both	
total	global	ice	volume	and	ocean	temperature.	Being	able	to	interpret	the	information	
from	ice	cores	or	sediment	cores	therefore	depends	on	the	ability	to	disentangle	these	
different	signals.	
	
Ice	cores	provide	a	separate,	even	more	valuable	source	of	information.	Ice	sheets	are	
formed	by	the	accumulation	of	thousands	of	years	of	snow,	which	gradually	compresses	
into	ice	under	its	own	weight.	When	this	happens,	about	10	%	of	the	air	between	the	
snowflakes	gets	trapped	into	tiny	bubbles	in	the	ice.	This	means	that	a	sample	of	ice	from	
100,000	 years	 ago	 will	 contain	 a	 small	 sample	 of	 the	 atmosphere	 from	 that	 time,	
including	all	the	greenhouse	gases	from	the	time	the	air	bubble	was	closed	off	from	the	
atmosphere	(Lüthi	et	al.,	2008).	Although	the	ice	cores	don’t	extend	quite	as	far	back	as	
the	sea	floor	sediments	(about	800,000	years	for	the	ice	cores,	versus	10-100	million	
years	 for	 the	 sea	 floor	 sediments),	 this	 is	 still	 an	 incredibly	 valuable	 source	 of	
information,	 providing	 the	 opportunity	 to	 study	 the	 relation	 between	 CO2	 and	
temperature	based	on	two	independent	data	records.	
	
1.2.2	Orbital	forcing	of	the	climate	
For	the	past	2.6	million	years,	the	Earth	has	experienced	a	periodic	cooling	and	warming,	
accompanied	by	the	waxing	and	waning	of	vast	continental	ice	sheets,	known	as	glacial	
cycles.	At	the	Last	Glacial	Maximum	(LGM),	about	21,000	years	ago,	global	mean	surface	
temperatures	were	4	–	5	K	colder	than	pre-industrial	(Jansen	et	al.,	2007;	Annan	and	
Hargreaves,	2013),	and	atmospheric	CO2	concentrations	were	around	190	ppmv	(Lüthi	
et	al.,	2008).	Most	of	the	North	American	continent	north	of	45°	N,	as	well	as	Eurasia	
from	the	west	of	Ireland	all	the	way	to	Severnaya	Zemlya,	were	covered	by	ice	sheets	of	
up	to	4	kilometres	thick	(Peltier,	2004),	as	shown	in	Fig.	1.1.	Because	of	the	presence	of	
all	 this	additional	 land	ice,	global	mean	sea	level	was	about	120m	lower	than	present	
(Rohling	et	al.,	2014).	
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Figure	1.1:	The	ice	sheets	over	the	(A)	Northern	and	(B)	Southern	Hemispheres	at	the	LGM,	
21,000	years	ago.	Note	how	coastlines	have	migrated	outward	due	to	the	drop	in	sea-level,	
leading	 to	 the	 Bering	 Strait	 becoming	 the	 subaerial	 Beringia,	 where	 the	 first	 humans	
crossed	from	Eurasia	into	the	Americas.	

The	presently	accepted	theory,	first	proposed	by	Serbian	scientist	Milutin	Milanković,	is	
that	these	glacial	cycles	were	caused	by	small,	periodic	changes	in	the	shape	of	Earth’s	
orbit	around	the	Sun,	and	in	the	orientation	of	Earth’s	own	rotational	axis	(Milanković,	
1941),	 changing	 the	 distribution	 of	 incoming	 solar	 radiation	 over	 the	 Northern	 and	
Southern	 Hemispheres	 and	 over	 the	 seasons.	 These	 changes	 are	 described	 by	 three	
orbital	parameters:	
	

- Obliquity	
The	Earth’s	axis	of	rotation	is	not	perfectly	perpendicular	to	its	orbital	plane,	but	
tilted	at	an	angle	of	about	23.5°.	This	value,	called	the	obliquity,	is	perturbed	by	
the	 gravity	 of	 the	 Moon,	 changing	 between	 22°	 and	 24.5°,	 with	 a	 period	 of	
41,000	years.	A	more	tilted	axis	of	rotation	yields	a	larger	difference	between	
summer	and	winter	at	high	latitudes.	
	

- Eccentricity	
The	Earth’s	orbit	around	the	Sun	is	not	a	perfect	circle,	but	an	ellipse,	with	an	
eccentricity	of	about	0.017.	Due	to	perturbation	by	the	gravity	of	Jupiter	and	
Saturn,	this	value	changes	over	time,	varying	between	0.000055	and	0.068,	with	
periods	 of	 413,000	 years	 and	 100,000	 years.	 Although	 the	 direct	 effect	 of	 a	
change	 in	 eccentricity	 on	 the	 distribution	 of	 solar	 radiation	 is	 very	 small,	 it	
modulates	the	effect	of	precession.	
	
	

- Precession	
The	 Earth’s	 axis	 of	 rotation	 slowly	 rotates	 around	 the	 normal	 vector	 of	 the	
Earth’s	orbital	plane,	with	a	period	of	25,800	years,	a	phenomenon	known	since	
antiquity	 as	 the	 precession	 of	 the	 equinoxes.	 This	 effect	 is	 caused	 by	 the	
gravitational	pull	of	the	Moon	and	Sun.	In	addition,	the	aphelion	and	perihelion	
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of	the	Earth’s	orbit	slowly	precede	along	the	Earth’s	orbit	as	well,	with	a	period	
of	 112,000	 years.	 These	 two	 effects	 can	 be	 described	by	 a	 single	 precession	
parameter,	 with	 periods	 of	 19,000	 and	 23,000	 years.	 Precession	 affects	 the	
seasonal	distribution	of	incoming	radiation,	with	opposing	effects	for	Northern	
and	Southern	hemispheres.	

	
The	periodic	changes	in	these	orbital	parameters	and	the	resulting	summer	insolation	at	
65°N	over	the	past	800,000	years	(Laskar	et	al.,	2004),	as	well	as	benthic	d18O	(Lisiecki	
and	Raymo,	2005)	and	atmospheric	CO2	(Lüthi	et	al.,	2008),	are	shown	in	Fig.	1.2.	The	
sawtooth-shaped	 glacial	 cycles	 are	 clearly	 visible	 in	 the	 d18O	 and	 CO2	 signals.	 The	
sawtooth	shape	is	caused	by	the	non-linear	response	of	ice	sheet	evolution	to	changes	in	
temperature.	When	the	climate	cools	down,	the	rate	of	growth	of	an	ice	sheet	is	limited	
by	the	amount	of	precipitation	it	receives.	However,	when	the	climate	warms	up,	the	rate	
of	retreat	is	limited	by	the	amount	of	available	heat,	which	is	generally	much	larger.	An	
ice	sheet	that	took	tens	of	thousands	of	years	to	grow	can	disappear	in	as	little	as	10,000	
years.	
	
The	periodic	changes	in	the	three	orbital	parameters	have	only	a	very	small	effect	on	the	
total	amount	of	 solar	energy	reaching	 the	Earth	each	year,	but	 they	do	have	a	 strong	
effect	on	the	way	this	energy	is	distributed	over	the	Northern	and	Southern	Hemispheres	
and	over	the	seasons.	As	can	be	seen	in	Fig.	1.2,	the	summer	insolation	at	65°N	varies	
between	 about	 400	 and	 480	W	m-2.	 Milanković	 suggested	 that,	 since	 the	 amount	 of	
snowfall	 is	 much	 less	 strongly	 dependent	 on	 local	 temperature,	 it	 is	 the	 amount	 of	
snowmelt	 that	 occurs	 in	 summer	 that	 controls	 the	 growth	 and	 retreat	 of	 ice	 sheets.	
Combined	with	the	fact	that	the	Southern	Hemisphere	consists	almost	entirely	of	ocean	
and	ice,	whereas	the	Northern	hemisphere	contains	large	landmasses	on	high	latitudes	
that	 are	 currently	 ice-free,	 this	 means	 that	 it	 is	 these	 periodic	 changes	 in	 northern	
summer	insolation	that	are	driving	the	growth	of	glacial	ice,	according	to	what	now	is	
called	the	Milankovitch	Theory.	
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Figure	1.2:	Orbital	parameters	and	65°N	summer	insolation	(Laskar	et	al.,	2004),	benthic	
d18O	 (Lisiecki	and	Raymo,	2005)	and	atmospheric	CO2	(Lüthi	 et	al.,	2008)	over	the	past	
800,000	years.	 	
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1.3	Feedback	processes	in	the	Earth	system	related	to	ice	sheets
	
By	themselves,	Milanković	cycles	have	only	a	very	small	effect	on	global	mean	annual	
temperatures,	although	the	hemispheric	effects	are	much	larger.	The	subsequent	global	
climate	 changes	 are	 caused	 by	 several	 different	 feedback	 processes	 between	 the	 ice	
sheets,	the	global	climate,	the	oceans	and	the	solid	Earth.	
	
1.3.1	Direct	interactions	between	ice-sheets	and	the	climate	
The	 strongest	 known	 feedback	 process	 acting	 on	 this	 timescale	 is	 the	 ice-albedo	
feedback	(Budyko,	1969;	Sellers,	1969).	When	an	ice	sheet	grows	in	size,	adjacent	areas	
of	bare	rock,	which	are	generally	dark	in	colour,	become	covered	by	white	snow	and	ice.	
Where	a	significant	part	of	the	incoming	sunlight	used	to	be	absorbed	by	the	surface,	
heating	it	up,	it	is	now	almost	completely	reflected	back	into	space.	This	leads	to	a	local	
cooling,	 reinforcing	 the	 initial	 cooling	 that	 caused	 the	 ice	 to	 advance,	 introducing	 a	
positive	feedback.	Similarly,	when	a	small	increase	in	global	temperatures	causes	the	ice	
to	retreat,	white	snow	and	ice	give	way	to	dark	underlying	bare	rock,	leading	to	a	local	
warming	 that	 reinforces	 the	 initial	global	warming.	Another	strong	positive	 feedback	
process	 playing	 a	 role	 in	 ice-sheet	 evolution	 is	 the	 so-called	 elevation-temperature	
feedback	(Weertman,	1961).	Due	to	the	decreasing	atmospheric	pressure	with	elevation,	
atmospheric	temperatures	decrease	approximately	adiabatically	with	elevation,	at	a	rate	
of	 6	 –	 8	K	 km-1.	 As	 an	 ice	 sheet	 grows,	 it	 not	 only	 advances	 horizontally,	 but	 it	 also	
becomes	thicker.	At	LGM,	the	ice-sheet	over	North	America	is	estimated	to	have	reached	
a	thickness	of	around	4	kilometres	(Peltier,	2004).	This	means	that,	on	top	of	the	cooling	
due	to	the	increased	albedo,	the	top	of	the	ice-sheet	dome	would	have	been	around	30	K	
colder	than	the	margins	because	of	the	increased	surface	altitude.	
	
1.3.2	Oceanic	temperature-CO2	feedback	
Even	 the	 albedo	 feedback	 and	 the	 lapse-rate	 feedback	 together	 cannot	 explain	 the	
dramatic	global	cooling	observed	during	glacial	cycles,	especially	since	they	occur	mostly	
on	a	local	to	regional	scale.	Another	strong	feedback	process,	affecting	the	global	climate	
on	these	time	scales,	is	the	temperature-CO2	feedback.	As	can	be	seen	in	Fig.	1.2,	time	
series	of	CO2	concentrations	in	the	atmosphere	clearly	show	the	same	glacial	cycles	as	
the	other	proxy	records,	varying	from	about	280	ppmv	during	interglacials	to	about	190	
ppmv	 during	 glacial	 maxima	 (Lüthi	 et	 al.,	 2008).	 This	 change	 in	 atmospheric	
concentration	is	caused	by	changes	in	ocean	temperatures	and	changes	in	the	biosphere.	
When	the	Milanković	cycles	causes	ice	in	the	Northern	Hemisphere	to	advance,	the	ice-
albedo	 feedback	 results	 in	 a	 slight	 cooling.	 Vast	amounts	 of	 CO2	 are	 dissolved	 in	 the	
oceans,	and	since	the	solubility	of	CO2	in	water	decreases	with	temperature,	this	cooling	
causes	 the	 ocean	 to	 take	 up	 even	 more	 (Brovkin	 et	 al.,	 2002;	 Millero,	 1995).	 This	
decreases	 the	 concentration	 in	 the	 atmosphere,	 amplifying	 the	 cooling.	 A	 weaker,	
negative	 feedback	 arises	 when	 the	 expanding	 ice	 and	 lower	 temperatures	 cause	 a	
decrease	in	biomass	production,	both	on	land	and	in	the	ocean,	leading	to	an	increase	(or	
smaller	decrease)	in	atmospheric	CO2.	
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1.3.3	Interactions	between	ice-sheets	and	the	ocean	
Large	parts	of	the	present	Antarctic	ice	sheet	are	in	contact	with	the	ocean.	As	the	ice	
flows	down	the	continent	and	into	the	ocean,	the	sea	floor	is	sometimes	deep	enough	to	
allow	the	ice	to	float.	This	floating	extension	of	the	ice	sheet	is	called	an	“ice	shelf”.	Since	
it	no	longer	experiences	any	friction	from	the	underlying	bedrock,	the	shelf	flows	much	
faster	than	the	ice	sheet,	and	consequently	becomes	much	thinner.	The	horizontal	line	
where	the	grounded	ice	starts	to	float	is	called	the	“grounding	line”.	When	the	grounding	
line	is	convex	over	a	large	distance,	as	is	the	case	for	the	Filchner-Ronne	and	Ross	ice	
shelves,	the	flow	of	the	ice	shelf	is	hampered	as	the	ice	is	“funnelled”	through	the	shelf.	
This	reduction	in	flow	buttresses	the	ice	sheet	feeding	the	shelf,	allowing	it	to	become	
thicker	(Thomas	and	MacAyeal,	1982).	If,	for	some	reason,	the	ice	shelf	becomes	thinner,	
the	backpressure,	also	called	the	buttressing	effect,	is	decreased	and	the	ice	sheet	behind	
it	will	 flow	 faster,	and	become	 thinner	as	well.	 Since	 ice	shelves	have	a	 large	area	 in	
contact	with	the	ocean,	they	are	very	sensitive	to	changes	in	ocean	temperature.	Even	a	
very	 small	 amount	 of	warming	 can	 substantially	 increase	 the	amount	 of	melt	 on	 the	
bottom	side	of	the	shelf	(Depoorter	et	al.,	2013)	leading	to	thinning	of	the	ice	shelves.	
The	melt	water	that	is	produced	has	a	lower	density	than	the	salt	ocean	water,	floating	
upwards	along	the	ceiling	of	the	cavity	formed	by	the	ice	shelf	above	and	the	sea	floor	
below,	 creating	a	circulation	 that	draws	 in	new,	warm	ocean	water.	 (Lazeroms	et	al.,	
2018).	The	amount	of	ocean	water	that	is	drawn	into	the	cavity	by	this	melt	water	plume	
is	 limited	by	the	opening	of	the	cavity	at	the	end	of	the	ice	shelf.	An	increase	in	 local	
relative	sea	level	will	raise	the	ice	higher	above	the	sea	floor,	increasing	the	size	of	the	
cavity	opening	and	allowing	more	warm	ocean	water	to	be	drawn	in.	A	rise	in	sea	level	
will	therefore	increase	the	melt	rate,	and	lead	to	a	retreat	of	the	ice	sheet.	
	
When	an	ice	sheet	melts	at	the	surface,	the	resulting	fresh	water	will	eventually	make	its	
way	to	the	ocean.	Depending	on	the	exact	location	where	this	freshwater	flux	enters	the	
ocean,	 it	 can	have	a	 strong	effect	on	ocean	circulation	and	heat	 transport,	because	 it	
affects	the	vertical	stability	of	the	water	column,	and	thereby	the	amount	of	upwelling	or	
downwelling	 that	 occurs.	 In	 particular,	 large	 amounts	 of	 fresh	 water	 entering	 the	
northern	Atlantic	Ocean	can	temporarily	suppress	the	Atlantic	Meridional	Overturning	
Circulation	(AMOC),	which	transports	warm	water	from	the	tropics	to	the	northern	high	
latitudes.	 This	 introduces	 a	 strong	 negative	 feedback	 on	 the	 climate	warming	 in	 the	
Northern	Hemisphere.	Melting	ice	on	North	America,	where	the	meltwater	is	routed	into	
the	northern	Atlantic,	supresses	the	AMOC,	which	leads	to	a	cooling	in	the	entire	North	
Atlantic	region,	including	Greenland	and	north-western	Europe	(Stone	et	al.,	2016).	
	
1.3.4	Interactions	between	ice-sheets	and	the	solid	earth	
Another	way	the	presence	of	a	large	ice-sheet	affects	the	Earth	system	is	through	“glacial	
isostatic	 adjustment”	 (GIA;	 Peltier,	 1974).	 The	 enormous	weight	 of	 the	 ice	 creates	 a	
depression	in	the	Earth’s	crust,	with	a	depth	of	about	a	third	of	the	ice	thickness	(more	
or	 less	 following	Archimedes’	Law,	where	 the	 ice	and	 the	crust	 “float”	on	 the	denser	
underlying	viscous	asthenosphere).	When	the	ice	sheet	melts,	the	viscous	material	of	the	
asthenosphere	slowly	flows	back,	causing	the	Earth’s	surface	to	move	up,	reaching	a	new	
equilibrium	 after	 a	 few	 tens	 of	 thousands	 of	 years.	 On	 these	 timescales,	 it	 is	 only	 a	
relatively	short	time	ago	(21,000	years)	that	North	America	and	Europe	were	covered	
by	ice	as	well.	As	a	consequence,	the	Earth’s	crust	in	these	areas	is	still	moving	up,	at	a	
rate	 of	 up	 to	 10	mm/y	 in	central	 Canada	 (Sella	 et	al.,	2007),	 and	 about	 12	mm/y	 in	
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northern	Sweden	(Milne	et	al.,	2001).	For	the	parts	of	the	ice	sheet	that	are	in	contact	
with	the	ocean,	this	vertical	movement	of	the	Earth’s	surface	changes	the	water	depth,	
thereby	affecting	the	melt	underneath	the	ice	shelf.	
	
Not	 only	 does	 the	 mass	 of	 the	 ice	 sheet	 deform	 the	 solid	 Earth	 itself,	 it	 also	 has	 a	
significant	 impact	on	 the	Earth’s	gravity	field,	and	 therefore	on	nearby	sea	 level.	The	
mass	of	the	ice	essentially	pulls	the	sea	closer,	increasing	sea	level	close	to	the	ice	sheet	
and	decreasing	it	further	away	(Farrell,	1973).	Since	the	melt	rate	of	ice	shelves	depends	
strongly	on	local	sea	level,	this	effect	produces	a	negative	feedback	for	the	ice	flow;	any	
retreat	 of	 the	 ice	 will	 result	 in	 a	 drop	 in	 nearby	 local	 sea	 level	 (both	 due	 to	 the	
instantaneous	change	in	the	geoid	and	the	time-delayed	rebound	of	the	Earth’s	crust),	
reducing	shelf	melt	and	thereby	stabilising	the	ice	sheet	(Gomez	et	al.,	2010,	de	Boer	et	
al.,	2014;	Barletta	et	al.,	2018).	
	
1.3.5	Proglacial	lakes	
An	ice	sheet	continuously	produces	fresh	melt	water	at	its	margins.	For	the	present	ice	
sheets	on	Greenland	and	Antarctica,	this	melt	water	is	simply	drained	into	the	ocean.	
However,	during	the	last	glacial	cycle,	melt	water	from	the	ice	sheets	over	North	America	
and	Eurasia	accumulated	into	several	 large	proglacial	 lakes	adjacent	to	the	ice	sheets.	
Favourable	local	topography,	exaggerated	by	the	depression	in	the	Earth’s	crust	caused	
by	the	weight	of	the	ice,	allowed	these	lakes	to	grow,	at	times,	to	vast	sizes.	The	largest	
of	these	was	lake	Agassiz,	which	is	estimated	to	have	covered	an	area	of	710,000	km2	
(Leverington	et	al.,	2002).	When	the	ice	retreated	far	enough	to	allow	the	lake	to	drain	
into	the	sea,	around	8,400	years	ago,	global	mean	sea-level	is	estimated	to	have	increased	
by	1	–	3	m	in	a	few	years	(Hijma	and	Cohen,	2019).	
	
As	we	will	explain	in	more	detail	in	Chapter	6,	proglacial	lakes	are	expected	to	have	an	
impact	on	all	of	the	processes	mentioned	above.	The	heat	capacity	of	the	large	volume	of	
water	 will	 affect	 seasonal	 temperatures,	 leading	 to	 cooler	 summers,	 less	 melt	 and	
therefore	a	more	positive	mass	balance	over	the	adjacent	ice	sheet	region.	Their	mass	
will	affect	the	solid	earth	and	the	geoid	in	exactly	the	same	way	as	the	ice	sheet	itself,	by	
depressing	the	lithosphere	and	attracting	the	ocean	water.	The	magnitude	of	the	effect	
is	smaller,	because	the	ice	sheet	is	typically	about	2	km	thick	on	average,	whereas	the	
lake	is	only	about	500	–	800	m	deep.	Since	the	lake	is	adjacent	to	the	ice	sheet,	an	ice	
shelf	will	form,	affecting	the	ice-sheet	dynamics.	The	resulting	sub-shelf	melt	rate	is	very	
difficult	to	constrain,	but	could	lead	to	a	strongly	amplified	retreat	of	the	ice	sheet.	When	
the	lake	drains,	a	huge	amount	of	fresh	water	enters	the	ocean,	affecting	ocean	currents	
and	thereby	regional	climate.
	
1.4	Ice-sheet	models	
When	the	amount	of	snow	that	falls	in	a	certain	location	exceeds	the	amount	of	snow	that	
melts	away	in	summer,	a	layer	of	perennial	snow,	called	firn,	will	start	to	accumulate.	
The	deeper	 layers	of	 firn	are	densified	under	 the	weight	of	 the	upper	 layers,	and	are	
eventually	compressed	into	 ice.	As	more	and	more	 ice	accumulates,	eventually	 it	will	
start	 to	 deform	 under	 its	 own	 weight,	 behaving	 like	 a	 highly	 viscous	 fluid.	 This	
deformation	 can	 be	 described	by	 the	Navier-Stokes	 equations,	which	are	 the	 general	
equations	of	motion	for	fluid	mechanics.	Because	the	viscosity	of	ice	is	controlled	by	the	



2.1	Ice	mechanics	
	

	 13	

temperature,	the	equations	describing	both	the	dynamics	and	the	thermodynamics	of	
the	ice	have	to	be	solved	simultaneously.	
	
Ice-sheet	models	aim	 to	numerically	 solve	 these	equations,	or	a	 simplified	version	of	
them,	on	a	discretised	horizontal	grid.	Forcing	the	model	are	the	surface	mass	balance	
(the	net	result	of	subtraction	of	yearly	snow	melt,	or	ablation,	from	the	yearly	snowfall,	
or	accumulation)	both	controlled	by	the	climate	conditions.	In	addition,	both	the	ice	flow	
and	the	mass	balance	are	affected	by	the	underlying	bed	topography.	The	mass	balance	
is	prescribed	at	every	point	in	space	and	time,	and	the	ice-flow	model	predicts	how	the	
ice	will	evolve.	
	
The	model	that	was	used	for	the	different	experiments	described	in	this	thesis	is	called	
ANICE.	 It	 is	 a	 3-D	 ice-sheet-shelf	 model	 that	 uses	 a	 combination	 of	 two	 different	
simplifications	 of	 the	 Navier-Stokes	 equations:	 the	 Shallow	 Ice	 Approximation	 (SIA;	
Morland	and	Johnson,	1980)	for	grounded	ice	and	the	Shallow	Shelf	Approximation	(SSA;	
Morland,	1987)	for	floating	ice.	In	order	to	account	for	the	temperature	dependence	of	
the	viscosity	of	the	ice,	the	temperature	profile	of	the	ice	sheet	is	solved	as	well.	ANICE	
uses	 four	 separate	model	grids	 to	 simultaneously	 simulate	 the	 behaviour	 of	 the	 four	
Pleistocene	continental	ice	sheets	on	North	America,	Eurasia,	Greenland	and	Antarctica,	
with	a	horizontal	resolution	of	40	km	for	all	grids	except	Greenland,	which	uses	20	km.	
It	has	previously	been	used	to	study	the	behaviour	of	these	ice	sheets	in	the	geological	
past	(Bintanja	and	van	de	Wal,	2008;	de	Boer	et	al.,	2013,	2014,	2015,	2017).	
	
A	more	detailed	description	of	ANICE	is	provided	in	Chapter	2.
	
1.5	Research	objectives	
	
In	this	thesis,	I	 improved	the	representation	of	several	feedback	processes	in	our	ice-
sheet	model.	 I	 use	 the	 resulting	model	 to	 investigate	 the	 evolution	 of	 the	 ice	 sheets,	
climate	and	their	interactions	during	several	episodes	of	the	past	few	million	years.	In	
particular,	we	are	interested	in	the	following	questions:	
	

- Can	we	improve	the	way	the	direct	interactions	between	ice	sheets	and	climate	are	
represented	 in	 ANICE,	 while	 maintaining	 the	 ability	 to	 feasibly	 simulate	 long	
periods	of	time?	

- Can	we	use	 the	 resulting	model	 set-up	 to	 study	 the	 evolution	 of	 ice	 sheets	 and	
climate	both	during	past	cold	periods	(e.g.	the	last	glacial	cycle)	and	warm	periods	
(i.e.	the	Pliocene)?	

- Do	 proglacial	 lakes	 have	 a	 significant	 impact	 on	 the	 interactions	 between	 ice	
sheets	and	the	other	components	of	the	Earth	system?
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1.6	Thesis	outline	
	
In	Chapter	2,	we	give	a	more	detailed	description	of	our	model	set-up.	We	will	focus	on	
the	way	the	different	feedback	processes	described	in	Chapter	1	are	represented	in	the	
model,	with	a	brief	description	of	the	improvements	realized	during	the	last	four	years.	
	
In	Chapter	3	(Berends	et	al.,	2018),	we	describe	a	method	to	more	accurately	describe	
the	direct	 interaction	between	ice	sheets	and	the	climate,	called	the	“matrix	method”,	
which	we	implemented	in	ANICE	to	force	the	model	over	time.	We	validate	this	method	
by	using	the	new	model	set-up	to	simulate	the	evolution	of	the	ice-sheets	during	the	last	
glacial	 cycle.	 We	 show	 that	 this	 new	model	 set-up	 is	 an	 improvement	 over	 the	 old	
version,	 by	 comparing	 model	 output	 to	 proxy	 records	 for	 ice-sheet	 volume	 and	
geometry,	ice	surface	temperature,	deep-sea	temperature	and	benthic	oxygen	isotopes.	
	
In	Chapter	4	(Berends	et	al.,	2019),	we	develop	this	model	set-up	one	step	further	by	
including	an	inverse	modelling	routine,	which	allows	us	to	force	the	model	with	benthic	
d18O	records	instead	of	CO2,	enabling	us	to	simulate	the	more	distant	geological	past.	We	
present	results	from	simulations	of	the	late	Pliocene	(3.65	–	2.75	Myr	ago),	particularly	
a	transient	reconstruction	of	CO2.	
	
In	Chapter	5	 (Berends	et	al.,	 submitted	 for	publication),	we	use	 this	model	 set-up	 to	
simulate	 the	 combined	 evolution	 of	 the	 ice-sheets,	 the	world’s	 climate,	 sea-level	 and	
atmospheric	CO2	during	the	past	3.6	million	years.	The	results	from	this	study	suggest	
that	at	no	point	during	this	period,	which	contains	sea-level	high	stands	of	up	to	24	m	
above	the	present-day,	atmospheric	CO2	was	a	high	as	it	is	today.	
	
In	Chapter	 6	 (Berends	 and	 van	 de	Wal,	 2016),	 we	 present	 a	 newly	 developed,	 fast	
algorithm	that	can	be	used	to	determine	the	presence	and	extent	of	proglacial	lakes	in	an	
ice-sheet	model.	This	new	algorithm	allows	us	to	include	the	evolution	of	proglacial	lakes	
in	simulations	of	full	glacial	cycles	with	ANICE	without	requiring	excessive	computation	
time.	
	
In	 Chapter	 7	 (Berends	 and	 van	 de	 Wal.,	 in	 preparation),	 we	 present	 results	 from	
different	simulations	of	the	last	glacial	cycle	with	ANICE,	including	proglacial	lakes.	We	
demonstrate	that,	through	their	 impact	on	local	climate	and	through	basal	melt	of	 ice	
shelves,	such	lakes	can	have	a	substantial	impact	on	the	evolution	of	the	ice	sheet.
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In	this	thesis,	I	improved	upon,	and	performed	different	simulations	with,	an	ice-sheet	
model	called	ANICE.	This	chapter	describes	the	way	ice-sheet	evolution	is	simulated	by	
this	model	and	the	improvements	made	during	this	thesis	project.	
	
2.1	Ice	mechanics	
ANICE	uses	 two	different	approximations	of	 the	Navier-Stokes	equations	 to	solve	 the	
stress	 balances	 in	 ice	 sheets	 and	 shelves.	 For	 grounded	 ice,	 the	 Shallow	 Ice	
Approximation	(SIA;	Morland	and	Johnson,	1980)	is	used.	Given	that	the	thickness	of	a	
glacier	 or	 ice	 sheet	 is	 typically	 much	 smaller	 than	 its	 horizontal	 dimensions,	 this	
approximation	assumes	that	a	large,	flat	body	of	ice	is	only	deformed	by	the	gravitational	
driving	stress	and	the	basal	shear	stress;	all	longitudinal	stresses	are	neglected.	The	only	
remaining	terms	in	the	stress	tensor,	the	vertical	shear	stresses,	depend	on	the	local	ice	
thickness	 and	 surface	 slope.	 By	 using	 Glen’s	 flow	 law	 to	 calculate	 the	 effective	 ice	
viscosity,	which	depends	on	ice	temperature	and	stress	(introducing	a	non-linearity),	we	
can	then	express	the	deformation	rate,	and	therefore	the	(depth-dependent)	horizontal	
velocities	𝑢	and	𝑣,	in	terms	of	the	ice	density	ρ,	the	gravitational	acceleration	g,	Glen’s	
flow	exponent	n	=	3,	the	ice	softness	A,	the	surface	gradient	[hx,	hy]	and	the	ice	thickness	
H,	by	first	calculating	the	ice	diffusivity	D:	
	
	

𝐷(𝑧) = 2(𝜌𝑔𝐻),-ℎ/0 + ℎ203
,45
0 𝐻6 𝐴(𝑇∗)z,𝑑z,

<

=
	

(2.1)	

	
which	is	subsequently	used	to	calculate	the	ice	velocities	according	to:	
	
	 𝑢(𝑧) = 𝐷(𝑧)ℎ/,	
	

𝑣(𝑧) = 𝐷(𝑧)ℎ2.	

	
(2.2)	

	
A	complete	derivation	of	these	equations	is,	for	example,	provided	in	Bueler	and	Brown,	
2009.	 The	 ice	 softness	 A	 is	 calculated	 as	 a	 function	 of	 the	 (pressure-adjusted)	 ice	
temperature	𝑇∗	according	to	Bueler	and	Brown	(2009):		
	
	

𝐴(𝑇∗) = ? (1.14 × 10
4D)𝑒4F×5=G HI∗⁄

(5.47 × 105=)𝑒45M.N×5=G HI∗⁄
, 𝑇∗ ≤ 263.15	𝐾,
, 𝑇∗ > 263.15	𝐾.	

(2.3)	

	
While	 not	 accurate	 for	 fast,	 narrow	 ice	 streams,	 sliding	 ice	 and	 ice	 shelves,	 the	 SIA	
simulates	the	essential	processes	of	large-scale	ice	flow	sufficiently	accurate	for	palaeo-
ice-sheet	evolution	(e.g.	Leysinger	Vieli	and	Gudmundsson,	2004).	It	has	a	purely	local	
solution	for	ice	velocities,	depending	only	on	the	local	ice	thickness	and	surface	slope.	
This	 makes	 it	 computationally	 efficient,	 allowing	 for	 simulations	 of	 hundreds	 of	
thousands	to	millions	of	years.	However,	when	the	aim	is	to	simulate	the	evolution	of	
continental	 ice	sheets	during	glacial	cycles,	especially	when	considering	the	effects	of	
sea-level	changes,	a	proper	treatment	of	ice	shelves	is	needed.	ANICE	includes	a	slightly	
more	elaborate	approximation	of	the	Navier-Stokes	equations	for	those	regions,	called	
the	 “Shallow	 Shelf	 Approximation”	 (SSA;	Morland,	 1987).	 In	 this	 approximation,	 the	
gravitational	 driving	 stress	 is	 balanced	 by	 the	 longitudinal	 stresses,	 or	 membrane	
stresses,	inside	the	ice,	as	well	as	a	finite	till	yield	stress	at	the	base	of	the	ice	(only	for	
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sliding	ice	on	land;	for	floating	ice,	there	is	of	course	no	basal	shear	stress).	 It	can	be	
shown	 that	 this	 results	 in	 the	 following	pair	of	 coupled	partial	differential	equations,	
which	relate	the	different	second-order	spatial	derivatives	of	the	horizontal	velocities	u	
and	v	to	the	surface	gradient	[hx,	hy],	the	till	yield	stress	tU	and	the	effective	ice	viscosity	
η:		
	
	
	 4𝑢// + 𝑢22 + 3𝑣/2 +

tV,W
h
= XYZW

[
,	

4𝑣22 + 𝑣// + 3𝑢/2 +
tV,\
h
= XYZ\

[
.	

	
(2.4)	

	
A	complete	derivation	of	these	equations	is	provided	by	Bueler	and	Brown,	2009.	The	
ice	viscosity	is	calculated	from	the	ice	softness	A	and	ice	velocity	according	to	MacAyeal	
(1989):		
	
	

𝜂 = 5
0^(I∗)

_𝑢/0 + 𝑣20 + 𝑢/𝑣2 +
5
`
-𝑢2 + 𝑣/3

0a
bcd
ed .	

(2.5)	

	
Eqs.	 2.4	 have	 a	 non-local,	 non-analytic	 solution,	 requiring	 a	 different	 and	 more	
computationally	expensive	numerical	scheme.	By	combining	the	velocities	from	both	the	
SIA	and	SSA,	the	buttressing	effect	of	an	ice	shelf	is	represented.	Prescribed	changes	in	
sea-level	or	ocean	temperature,	which	result	in	an	increase	or	decrease	in	sub-shelf	melt,	
influence	the	thickness	and	thereby	change	the	velocity	and	result	in	an	acceleration	or	
deceleration	of	the	ice	sheet	near	the	grounding	line,	followed	by	a	retreat	or	advance	of	
the	grounding	line	(Martin	et	al.,	2011;	Winkelmann	et	al.,	2011;	de	Boer	et	al.,	2013).	
	
All	equations	in	ANICE	are	discretised	and	solved	on	a	regular	horizontal	grid,	based	on	
a	polar	stereographic	projection	of	the	Earth’s	surface	with	the	projection	pole	centred	
over	 the	 ice	 sheet.	 ANICE	 includes	 separate	 grids	 for	 Antarctica,	 Greenland,	 North	
America	and	Eurasia,	respectively,	shown	in	Fig.	2.1.	

	
Figure	2.1:	the	four	ANICE	regions.	The	horizontal	resolution	is	40	km	for	all	grids	except	
Greenland,	which	has	20	km.	On	the	North	America	and	Eurasia	grids,	bedrock	elevation	
over	Greenland	is	manually	set	to	below	sea-level	to	make	sure	that	ice	sheet	is	only	present	
in	the	Greenland	module.	
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Depth-dependent	 ice	 temperatures	 evolve	 though	 time	 according	 to	 the	 prescribed	
surface	 temperature,	 strain	 heating,	 frictional	 heating,	 geothermal	 heating,	 and	
advection	 caused	 by	 the	 horizontal	 and	 vertical	 ice	 velocities	 resulting	 from	 the	SIA.	
Hence,	the	model	is	mechanically	and	thermomechanically	coupled.	The	ice	sheet	model	
is	driven	by	changes	in	the	mass	balance	as	described	in	the	next	sections.	
	
2.2	Surface	mass	balance	
	
This	 section	 has	 previously	 been	 published	 as	 the	 Appendix	 to	 Berends	 et	 al.,	 2018	
(Chapter	3).	
	
In	the	ANICE	version	used	by	de	Boer	et	al.	(2014),	the	entire	mass	balance	module	is	
forced	 by	 a	 global	 temperature	 offset,	 calculated	 from	 a	 prescribed	 d18O	 value	 and	
modelled	 global	 ice	 volume	 using	 the	 inverse	 routine	 by	 de	 Boer	 et	 al.	 (2013).	 This	
spatially	uniform	 temperature	offset,	 combined	with	a	constant	 lapse-rate	orography	
correction	 to	 account	 for	 changing	 ice	 thickness,	 is	 used	 to	 calculate	 a	 new	monthly	
surface	temperature	field	in	every	model	time-step:	
	
	 𝑇(𝑥, 𝑦) = 	𝑇hij(𝑥, 𝑦) + 𝑑𝑇YklU + λ nℎ(𝑥, 𝑦) − ℎhij(𝑥, 𝑦)p.	 (2.6)	

	
Thus,	the	applied	temperature	T	at	horizontal	location	x,	y	is	calculated	at	every	model	
time	step	from	the	ERA-40	reference	temperature	field	Tref,	the	global	temperature	offset	
dTglob	and	the	difference	between	the	model	orography	h	and	the	reference	orography	
href,	multiplied	by	the	constant	lapse-rate	𝜆	of	-8	K/km.	For	Greenland	and	Antarctica,	the	
applied	 precipitation	 P	 is	 then	 calculated	 by	 correcting	 the	 monthly	 present-day	
reference	value	Pref	based	on	the	difference	between	applied	and	reference	temperature	
(Jouzel	and	Merlivat,	1984;	Huybrechts,	1992),	according	to:	
	
	 𝑃(𝑥, 𝑦) = 𝑃hij(𝑥, 𝑦) ∙ 1.0266

nI(/,2)4Ituv(/,2)p.	 (2.7)	

	
When	 simulating	 entire	 glacial	 cycles,	 the	 changes	 in	 ice-sheet	 geometry	 over	 North	
America	 and	 Eurasia	 are	 of	 a	 much	 larger	 scale	 than	 those	 over	 Greenland	 and	
Antarctica.	 In	 order	 to	approximate	 the	 hypothesized	westward	 growth	 of	 those	 ice-
sheets	during	glacial	inception,	caused	by	orographic	forcing	of	precipitation	as	moist	air	
is	blown	up	the	slope	of	the	ice-sheet,	we	use	the	precipitation	model	by	Roe	and	Lindzen	
(2001)	and	Roe	(2002)	to	calculate	monthly	precipitation	values	over	these	regions:	
	
	 𝑃(𝑥, 𝑦) = 𝑃hij(𝑥, 𝑦)

wxyu(/,2)
wxyutuv(/,2)

,	 (2.8)	

	
	 𝑃Hli(𝑥, 𝑦) = 𝑒z{|(𝑥, 𝑦)	𝑚𝑎𝑥-0, (𝑎 + 𝑏𝑤��� )3𝑓(𝑤��� )𝑑𝑤��� ,	 (2.9)	
	
	 	 	
	
	 𝑒z{|(𝑥, 𝑦) = 𝑒= ∙ 𝑒

n�b(�(W,\)c��)�e��(W,\)c��
p,	 (2.10)	
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𝑓(𝑤��� ) =

5
�
𝑒
�4����

� c��
a �

e
�
,	

(2.11)	

	
	 𝑤��(𝑥, 𝑦) = 𝑚𝑎𝑥 n0,𝑊/(𝑥, 𝑦)

�Z(/,2)
�/

+ 𝑊2(𝑥, 𝑦)
�Z(/,2)
�2

p.	 (2.12)	

	
Here,	esat	is	the	saturation	vapor	pressure	at	the	surface,	which	is	a	good	proxy	for	the	
moisture	content	 of	 the	 overlying	air	 column.	 It	 follows	 from	 the	 Clausius-Clapeyron	
relation	in	Eq.	2.10	using	the	monthly	mean	surface	temperature	T,	where	e0	=	6.112	
mbar,	c1	=	17.67	and	c2	=	243.5	K.	The	vertical	wind	velocity	wvv	is	calculated	from	the	
850	hPa	wind	and	the	surface	gradient	according	to	Eq.	2.12.	The	precipitation	PRoe	 is	
related	 to	 vertical	 wind	 velocity	wvv	 through	 a	 probability	 distribution	 𝑓(𝑤��� )𝑑𝑤��� ,	
which	is	the	probability	that	wvv	lies	between	w’vv	and	w’vv	+	dw’vv,	according	to	Eq.	2.10,	
where	N	is	a	normalisation	factor	and	a	=	1.15	cm	s-1	is	the	measure	of	variability	(Roe,	
2002)	in	the	vertical	wind	velocity.	The	precipitation	PRoe	is	given	by	Eq.	2.8,	where	the	
constants	a	=	2.5	 ×	10-11	kg-1	 s2	m	and	b	=	5.9	 ×	10-9	s3	kg	were	obtained	by	 tuning	 to	
observations	 over	 Greenland	 (Roe,	 2002).	 Eq.	 9	 is	 solved	 analytically	 using	 error	
functions	(Roe	and	Lindzen,	2001).	
	
Both	 wvv	 and	 esat	 are	 calculated	 for	 both	 the	 reference	 state,	 using	 the	 reference	
temperature	and	orography	fields,	and	for	the	model	state,	using	the	values	at	that	model	
time	 step.	 The	 relative	 difference	 between	 the	 two	 modelled	 precipitation	 fields	
resulting	from	Eq.	2.9	is	applied	as	an	anomaly	to	the	reference	precipitation	field	to	yield	
the	applied	precipitation	field	as	described	by	Eq.	2.8.	Figures	2.2	and	2.3	show	the	mean	
annual	 temperature	 and	 total	 annual	 precipitation	 fields	 at	 present-day	 and	 LGM	
respectively,	 resulting	 from	 applying	 these	 two	 methods	 to	 the	 initial	 ERA-40	
temperature	and	precipitation	fields,	using	the	difference	between	the	reference	ERA-40	
orography	and	the	modelled	orography	at	present-day	and	LGM.	
	



2.	Model	infrastructure	
	

	20	

	
Figure	2.2:	Annual	mean	2m	temperature	for	the	Northern	Hemisphere	(A)	and	Antarctica	
(B)	and	total	annual	precipitation	(C	and	D),	resulting	from	applying	the	constant	lapse-
rate	temperature	change	and	the	Roe	precipitation	model	to	the	ERA-40	climate	fields.	

	
Figure	2.3:	Annual	mean	2m	temperature	for	the	Northern	Hemisphere	(A)	and	Antarctica	
(B)	and	total	annual	precipitation	(C	and	D),	resulting	from	applying	the	constant	lapse-
rate	temperature	change	plus	global	offset	and	the	Roe	precipitation	model	to	the	ERA-40	
climate	fields	and	the	ANICE	LGM	ice-sheets.	
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The	monthly	surface	mass	balance	is	calculated	from	the	applied	surface	temperature	
and	 precipitation	 fields	 and	 the	 prescribed	 incoming	 radiation	 at	 the	 top	 of	 the	
atmosphere	following	Laskar	et	al.	(2004).	Monthly	values	for	accumulation,	refreezing	
and	ablation	are	calculated	separately	and	added.	First,	the	snow	fraction	of	precipitation	
is	calculated	according	to	the	parameterisation	by	Ohmura	(1999):	
	
	
𝑓z,l�(𝑥, 𝑦) =

54=.�NF∙���cbn�(W,\)c���.� p

0
,	

(2.13)	

	 	 	
where	the	spatially	variable	monthly	snow	fraction	fsnow	is	defined	as	a	function	of	2-m	
air	 temperature.	 Monthly	 accumulation	 is	 simple	 the	 product	 of	 this	 fraction	 and	
monthly	precipitation:	
	
	 𝐴𝑐𝑐(𝑥, 𝑦) = 𝑃(𝑥, 𝑦) ∙ 𝑓z,l�(𝑥, 𝑦).	 (2.14)	
	 	 	
Local	monthly	ablation	Abl	is	parameterised	as	a	function	of	the	2-m	air	temperature	T,	
albedo	a	and	incoming	solar	radiation	at	the	top	of	the	atmosphere	QTOA,	following	the	
approach	by	Bintanja	et	al.	(2002):	
	
	 𝐴𝑏𝑙(𝑥, 𝑦) = 𝑐5(𝑇(𝑥, 𝑦) − 273.15) + 𝑐0 n𝑄I�^(𝑥, 𝑦) ∙ -1 − 𝛼(𝑥, 𝑦)3p −	𝑐M,	 (2.15)	

	
with	c1	=	0.0788	m	y-1	K-1,	c2	=	0.004	m3	J-1	and	c3	a	tuning	parameter	different	for	each	
individual	ice-sheet.	The	local	monthly	refreezing	Refr	is	calculated	from	the	available	
liquid	 water	 content	 Lw	 (the	 sum	 of	 liquid	 precipitation	 and	 ablation)	 and	 the	
superimposed	water	content	Lsup,	following	the	approach	by	Huybrechts	and	de	Wolde	
(1999)	and	Janssens	and	Huybrechts	(2000):	
	
	 𝐿�(𝑥, 𝑦) = 𝑃(𝑥, 𝑦) ∙ -1 − 𝑓z,l�(𝑥, 𝑦)3 + 𝐴𝑏𝑙(𝑥, 𝑦),	 (2.16)	

	
	 𝐿z� (𝑥, 𝑦) = 0.012 ∙ max-0, 𝑇= − 𝑇(𝑥, 𝑦)3,	 (2.17)	

	
	 𝑅𝑒𝑓𝑟(𝑥, 𝑦) = minn𝐿�(𝑥, 𝑦), 𝐿z� (𝑥, 𝑦), 𝑃(𝑥, 𝑦)p.	 (2.18)	

	 	 	
The	surface	mass	balance	SMB	that	will	be	used	by	the	ice-sheet	model	is	calculated	as	
the	sum	of	the	accumulation	Acc,	the	refreezing	Refr	and	the	ablation	Abl:	
	
	 𝑆𝑀𝐵(𝑥, 𝑦) = 𝐴𝑐𝑐(𝑥, 𝑦) + 𝑅𝑒𝑓𝑟(𝑥, 𝑦) − 𝐴𝑏𝑙(𝑥, 𝑦).	 (2.19)	

2.3	Shelves,	grounding	lines	and	basal	melt	
	
As	 was	 explained	 in	 Sect.	 2.1,	 ANICE	 uses	 a	 combination	 of	 the	 SIA	 and	 the	 SSA	 to	
calculate	ice	velocities.	As	was	demonstrated	by	de	Boer	et	al.	(2013),	based	on	the	work	
by	 Winkelmann	 et	 al.	 (2011)	 and	 Martin	 et	 al.	 (2011),	 this	 results	 in	 a	 reasonable	
response	of	shelf	buttressing	and	grounding	line	migration	to	changes	in	local	relative	
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sea	level.	In	order	to	fully	capture	these	processes,	melt	underneath	the	shelves	has	to	
be	calculated.	
	
The	melt	flux	𝑆« 	from	the	ice	shelf	to	the	ocean	is	calculated	using	a	linear	relation	to	
ocean	temperature	change	(Beckmann	and	Goosse,	2003;	Martin	et	al.,	2011):		
	
	 𝑆« = 𝜌�𝑐 𝛾I

𝑇� − 𝑇jhii<i
𝐻j�z𝜌

.	 (2.20)	

	
This	 equation	 uses	 the	 density	 𝜌�,	 specific	 heat	 𝑐  ,	 thermal	 exchange	 velocity	 𝛾I ,	
temperature	𝑇�	and	pressure-adjusted	freezing	point	𝑇jhii<i 	of	the	ocean	underneath	
the	shelf,	 as	well	as	 the	 latent	heat	of	 fusion	𝐻j�z	 and	density	𝜌	 of	 the	shelf	 ice.	The	
applied	sub-shelf	melt	is	calculated	from	this	melt	flux	using	a	parameterisation	of	sub-
shelf	cavity	circulation	based	on	the	widest	subtended	angle	and	shortest	linear	distance	
to	the	open	ocean	(Pollard	and	DeConto,	2009):		
	
	 𝐵𝑀𝐵zZikj = -𝑧®ii  − 13¯-1 − 𝑧i/ l3𝑆« + 𝑧i/ l𝑀i/ l° − -𝑧®ii 𝑀®ii 3,	 (2.21)	

	
The	weighting	factors	𝑧®ii 	and	𝑧i/ l 	are	calculated	based	on	the	water	depth	ℎ�,	the	
widest	subtended	angle	to	the	open	ocean	𝛼z�U	and	the	shortest	linear	distance	to	the	
open	ocean	𝑟l i,:	
	 𝑧®ii  =

ℎ� − 1800	𝑚
200	𝑚 ,	 (2.22)	

	
	 𝑧i/ l =

𝛼z�U − 80°
30° 𝑒4=.`∙hy³ud .	 (2.23)	

	
The	melt	rates	for	exposed	shelves	𝑀i/ l	and	deep-water	shelves	𝑀®ii ,	as	well	as	the	
temperature	of	the	ocean	water	underneath	the	shelf	𝑇�	in	Eq.	2.20,	are	calculated	from	
a	 set	 of	 reference	 values,	 using	 the	 glacial–interglacial	 variance	 parameterization	 by	
Pollard	and	DeConto	(2009):	
	
	 𝑀i/ l = ´

𝑤
(2 −𝑤)

𝑀i/ l,wµ
𝑀i/ l,wµ

+
+
(1 − 𝑤)
(𝑤 − 1)

𝑀i/ l,¶lk®
𝑀i/ l,�{h«

,	 (2.24)	

	
	 𝑀®ii  = ´

𝑤
(2 −𝑤)

𝑀®ii ,wµ
𝑀®ii ,wµ

+
+
(1 − 𝑤)
(𝑤 − 1)

𝑀®ii ,¶lk®
𝑀®ii ,�{h«

,	 (2.25)	

	
	 𝑇� = ´

𝑤
(2 − 𝑤)

𝑇�,wµ
𝑇�,wµ

+
+
(1 −𝑤)
(𝑤 − 1)

𝑇�,¶lk®
𝑇�,�{h«

,	 (2.26)	

	
	 	



2.3	Shelves,	grounding	lines	and	basal	melt	
	

	

The	reference	values	are:	
	

𝑀i/ l = ·
𝑐𝑜𝑙𝑑: 0	𝑚	𝑦𝑟45

𝑃𝐷: 3	𝑚	𝑦𝑟45

𝑤𝑎𝑟𝑚: 6	𝑚	𝑦𝑟45

𝑀®ii  		= ·
𝑐𝑜𝑙𝑑: 2	𝑚	𝑦𝑟45

𝑃𝐷: 5	𝑚	𝑦𝑟45

𝑤𝑎𝑟𝑚: 10	𝑚	𝑦𝑟45

	

𝑇� 			= º
𝑐𝑜𝑙𝑑: −5°	𝐶	
𝑃𝐷: −1.7°	𝐶
𝑤𝑎𝑟𝑚: 2°	𝐶

	

	

	
The	weighting	factor	w	in	Eq.	2.24	–	2.26	is	calculated	based	on	the	annual	mean	surface	
temperature	anomaly	∆𝑇z	and	difference	between	the	summer	insolation	at	the	top	of	
the	atmosphere	𝑄z	and	the	present-day	summer	insolation	𝑄z,wµ:		
	
	 𝑤 = 1+

∆𝑇z
12	𝐾 +

𝑄z − 𝑄z,wµ
40	𝑊	𝑚40.	

(2.27)	

	

	
Figure	2.4:	Modelled	sub-shelf	melt	rate	for	Antarctic	ice	shelves.	

The	 resulting	 present-day	 sub-shelf	 melt	 rate	 is	 shown	 in	 Fig.	 2.4.	 A	 more	 detailed	
explanation	is	provided	by	de	Boer	et	al.	(2013),	who	tuned	this	approach	to	produce	
realistic	present-day	Antarctic	shelves	and	grounding	lines.	A	simple	threshold	thickness	
of	200	m	is	used	to	describe	ice	calving,	whereby	any	shelf	ice	below	this	thickness	is	
removed.
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2.4	The	sea-level	equation	and	glacial	isostatic	adjustment	
	
When	an	ice	sheet	grows,	the	removal	of	water	from	the	oceans	results	 in	a	sea-level	
drop	of	up	to	130	m	during	glacial	maxima.	However,	this	drop	is	not	globally	uniform.	
The	enormous	mass	of	a	continental-sized	ice	sheet	perturbs	the	Earth’s	gravity	field.	It	
attracts	 the	 water	 in	 the	 oceans,	 raising	 the	 geoid	 (the	 gravitational	 equipotential	
surface)	close	to	the	ice	and	lowering	it	further	away.	This	effect	is	illustrated	in	Fig.	2.5.	
When	the	ice	sheet	melts,	the	reduction	in	this	attraction	close	to	the	ice	sheet	outweighs	
the	increase	in	sea-level	resulting	from	the	added	water.	As	a	result,	sea-level	close	to	
the	ice	sheet	actually	drops,	while	sea-level	on	the	opposite	side	of	the	Earth	increases	
more	 than	would	 be	 expected	 from	 the	 added	water	 volume	 alone.	 Additionally,	 the	
movement	of	such	a	large	mass	of	sea	water	away	from	the	melting	ice-sheet	creates	its	
own	gravitational	signal,	further	reducing	the	mass	in	that	area	of	the	Earth’s	surface	and	
therefore	acting	as	a	slight	positive	feedback.	Due	to	the	computational	complexity	and	
expense,	these	effects	are	generally	not	accounted	for	in	ice-sheet	models;	at	the	time	of	
writing,	to	the	best	of	our	knowledge	only	two	models	exist	in	the	world	that	solve	for	
these	 effects	 in	 ice-sheet	 evolution:	 one	 is	 used	 by	 Gomez	 et	 al.	 (2010,	 2013)	 for	
Antarctica,	and	one	is	used	here	for	all	four	continental	ice-sheets	simultaneously.	
	

	
Figure	2.5:	A	cross-section	of	an	example	ice	sheet.	The	gravitational	pull	of	the	ice	
perturbs	the	geoid	(blue	dashed	line)	with	respect	to	its	eustatic	state	(dashed	yellow	
line).	The	mass	of	the	ice	also	deforms	the	solid	Earth	(brown)	with	respect	to	its	unloaded	
equilibrium	state	(dashed	red	line).	Underneath	the	ice,	the	Earth	is	pushed	down,	while	
just	beyond	the	ice	margin,	a	forebulge	is	formed.	Magnitudes	not	to	scale.	

However,	since	relative	sea-level	is	defined	as	the	distance	between	the	sea	floor	and	the	
sea	surface,	a	change	in	relative	sea-level	can	arise	not	only	from	changes	in	sea	surface,	
but	 also	 from	 vertical	 bedrock	 motion.	 The	 weight	 of	 a	 continental-sized	 ice	 sheet	
deforms	the	Earth’s	crust	as	 it	 floats	on	top	of	the	underlying	viscous	asthenosphere,	
creating	a	depression	with	a	depth	of	about	a	third	of	the	ice	thickness.	This	effect	 is	
illustrated	in	Fig.	2.5.	When	the	ice	retreats,	the	asthenosphere	flows	back,	and	the	crust	
rebounds	over	several	tens	of	thousands	of	years,	in	a	process	called	“glacial	 isostatic	
adjustment”	 (GIA).	 Both	 the	 flow	 of	 ice	 over	 the	 grounding	 line	 and	 the	 melt	 rate	
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underneath	a	floating	ice	shelf	depend	strongly	on	local	relative	sea-level.	Accounting	for	
both	 the	 changes	 in	 sea	 surface	 height	 and	 GIA	 is	 important	 when	 performing	
simulations	 on	 the	 timescales	 on	 which	 these	 processes	 act	 (thousands	 to	 tens	 of	
thousands	of	years).	Typically,	ice-sheet	models	account	for	GIA	using	ELRA	models	(EL	
=	 elastic	 lithosphere,	 RA	 =	 viscous	 relaxed	 asthenosphere;	 Le	Meur	 and	Huybrechts,	
1996;	 de	 Boer	 et	 al.,	 2013),	 which	 relate	 vertical	 crustal	motion	 to	 regional	 loading	
history	 using	 Kelvin	 functions	 for	 the	 spatial	 pattern	 of	 deformation,	 and	 a	 simply	
exponential	decay	function	for	the	deformation	rate.	While	this	captures	the	large-scale	
features	 of	 GIA	 reasonably	 well	 (Abe-Ouchi	 et	 al.,	 2013),	 smaller-scale	 features	 and	
especially	 spatial	 variations	 in	 deformation	 rates	 are	 not	 solved	 (Le	 Meur	 and	
Huybrechts,	1996).	
	
In	the	model	setup	presented	by	de	Boer	et	al.	(2014),	ANICE	is	coupled	to	the	sea-level	
equation	(SLE)	solver	SELEN.	SELEN	is	a	model	that	solves	both	the	SLE	and	GIA	for	a	
given	 ice-sheet	 geometry	 history	 (Spada	 and	 Stocchi,	 2007)	 using	 a	 pseudo-spectral	
method.	It	calculates	the	deformation	of	the	solid	earth	U	and	the	perturbation	of	the	
geoid	N	to	determine	the	change	in	relative	sea-level	S:		
	
	 𝑆 = 𝑁 − 𝑈.	 (2.28)	

SELEN	solves	the	sea-level	equation	in	a	gravitationally	self-consistent	way,	accounting	
for	the	positive	feedback	of	the	ocean’s	self-gravity	and	the	gravitational	perturbation	
resulting	from	the	displacement	of	mantle	mass,	as	well	as	for	the	rotational	feedback	
due	to	the	resulting	changes	in	the	Earth’s	moment	of	inertia.	It	performs	this	calculation	
for	the	entire	Earth,	with	a	resolution	of	0.3°,	or	about	33	km.	GIA	is	calculated	using	a	
spherically	 symmetrical	Maxwell	 visco-elastic	 Earth,	 with	 an	 elastic	 crust	 lying	 atop	
three	layers	of	varying	thickness	and	viscosity.	The	gravitational	perturbation	resulting	
from	the	displacement	of	mass	in	 the	asthenosphere	 is	accounted	for	 in	 the	sea-level	
equation.
	
2.5	Matrix	forcing	
	
In	ANICE,	the	surface	mass	balance	is	calculated	based	on	prescribed	fields	of	monthly	
surface	temperature	and	precipitation,	as	described	in	Sect.	2.2.	 In	the	model	version	
published	by	de	Boer	et	al.	(2014),	these	were	calculated	by	taking	the	observed	present-
day	climate,	and	increasing	or	decreasing	the	temperature	with	a	globally	uniform	offset.	
Precipitation	was	adjusted	using	either	a	Clausius-Clapeyron	type	relationship,	or	the	
more	elaborate	moisture	content-based	parameterisation	by	Roe	(2002),	as	described	in	
Sect.	2.2.	While	this	approach	resulted	in	ice	sheets	that	had	approximately	the	correct	
volume,	 their	 geographic	 location	 and	 shape	was	 generally	 not	 very	 good,	 since	 this	
approach	 does	 not	 account	 for	 the	way	 both	 spatial	 and	 temporal	 temperature	 and	
precipitation	patterns	are	affected	by	the	presence	of	a	large	ice-sheet.	
	
Explicitly	calculating	the	changes	in	climate	resulting	from	the	presence	of	an	ice-sheet	
would	require	a	general	circulation	model	(GCM),	which	is	dynamically	coupled	to	the	
ice-sheet	model,	exchanging	information	in	every	model	time-step.	However,	whereas	
ice-sheet	models	 like	 ANICE	 require	 a	 few	 hours	 to	 days	 to	 perform	 simulations	 of	
10,000	 –	 100,000	 years,	 GCMs	 are	 much	 more	 computationally	 demanding,	 limiting	
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simulation	time	to	decadal	or	centennial	time-scales.	Although	the	last	few	years	have	
seen	a	lot	of	progress	in	this	field	of	study,	such	fully	coupled	model	generally	are	still	
too	slow	to	make	simulations	of	glacial	cycles	feasible.	
	
One	existing	solution	to	this	problem,	which	was	improved	upon	during	this	project,	is	
called	the	“matrix	method”	of	model	coupling	(Pollard,	2010;	Pollard	et	al.,	2013).	In	this	
method,	the	GCM	is	used	to	pre-calculate	several	different	steady-state	climates,	called	
“snapshots”,	 for	 different	 ice-sheet	 geometries.	When	 the	 ice-sheet	model	 is	 run,	 the	
model	state	is	viewed	as	an	intermediary	form	between	the	different	reference	ice-sheet	
geometries	 that	were	used	 to	 force	 the	GCM	snapshots.	The	climate	 for	 the	 ice-sheet	
model	 state	 is	 then	 calculated	 by	 interpolating	 between	 these	 GCM	 snapshots.	 This	
approach	does	still	not	explicitly	describe	all	the	feedback	processes	that	can	be	included	
in	a	fully	coupled	ice-sheet-climate	model,	such	as	the	influence	of	a	growing	ice-sheet	
dome	on	atmospheric	circulation	and	stationary	waves	and	the	influence	of	freshwater	
fluxes	 on	 ocean	circulation.	However,	 it	 does	contain	much	more	 information	 on	 the	
spatial	patterns	of	climate	changes	than	the	simple	one-dimensional	parameterisation	
that	 was	 part	 of	 the	 previous	 version	 of	 ANICE,	 which	 was	 hitherto	 often	 used	 in	
simulations	of	the	geological	past.	
	
In	 this	 study,	 we	 developed	 a	 version	 of	 the	 matrix	 method	 specifically	 for	 ANICE,	
reformulating	 the	existing	mass	balance	parameterisations	 to	make	 the	 interpolation	
between	GCM	snapshots	more	realistic.	This	method	is	presented	in	Chapter	3,	along	
with	results	of	several	simulations	of	the	last	glacial	cycle	that	were	performed	with	the	
new	model	setup	to	demonstrate	the	feasibility	of	the	method.
	
2.6	Inverse	forward	modelling	
	
In	 order	 to	 determine	 the	 evolution	 of	 the	model	 state	 through	 time,	 some	 external	
forcing	 is	 required.	For	 ice-sheet	models,	 this	 typically	 takes	 the	 form	of	 some	proxy	
record	that	relates	to	the	global	climate,	like	ice	core	CO2	or	reconstructed	temperature.	
This	proxy	record	forces	the	prescribed	climate,	which	in	turn	forces	the	mass	balance	
of	the	ice	sheet	model.	
	
The	oldest	ice	core	presently	available,	the	EPICA	Dome	C	ice	core,	dates	back	800,000	
years	(Lüthi	et	al.,	2008;	Bereiter	et	al.,	2015).	The	only	continuous	proxy	record	dating	
back	significantly	further	in	time	is	the	benthic	oxygen	isotope	record.	However,	as	was	
explained	in	Sect.	1.2.1,	this	record	contains	two	signals,	added	together:	one	from	global	
land	ice	volume,	and	one	from	deep-sea	temperature.	In	order	to	use	this	record	to	learn	
anything	about	 the	evolution	of	either	 the	ice-sheets	or	 the	global	 climate,	 these	 two	
signals	have	to	be	separated.	
	
One	method	to	separate	these	two	signals,	which	has	been	developed	in	recent	years,	is	
called	“inverse	forward	modelling”.	It’s	based	on	the	fact	that	the	two	signals	are	not	at	
all	independent;	both	changes	in	global	ice	volume	and	deep-sea	temperature	are	caused	
by	 changes	 in	 the	global	 climate.	 By	 using	a	 single	model	 that	 describes	 the	 relation	
between	 these	 three	 physical	 parameters,	 their	 respective	 changes	 over	 time	 can	 be	
separated.	This	method	of	model	 forcing	was	 first	applied	 to	ANICE	by	de	Boer	et	al.	
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(2013),	who	used	it	to	successfully	simulate	the	evolution	of	the	four	continental	 ice-
sheets	over	the	past	1	Myr.	
	
The	 approach	presented	 by	 de	Boer	 et	 al.	 (2013)	 calculates	 how	 the	 climate	at	 high	
latitudes,	described	by	a	single,	spatially	uniform	temperature	offset	D𝑇�¿ ,	should	have	
evolved,	such	that	its	effect	on	deep	ocean	temperature	and	land	ice	volume	reproduces	
the	observed	benthic	d18O	signal.	This	is	achieved	by	comparing	the	modelled	benthic	
d18O	value	d18Omod	at	every	time	step	to	the	observed	value	d18Oobs.	If	it	is	too	positive,	
then	either	the	ocean	is	not	cold	enough,	or	there	is	not	enough	land	ice.	Global	mean	
surface	temperatures	are	then	lowered	in	the	next	time	step,	leading	to	both	a	cooling	in	
the	deep	ocean	and	an	increase	in	ice	growth.	This	relation	is	quantified	by	de	Boer	et	al.	
(2013)	by	the	following	equation:	
	
	 D𝑇�¿ = 	D𝑇�¿ÀÀÀÀÀÀÀ + 20 nd5Á𝑂«l® − d5Á𝑂lUz(𝑡 + 0.1	𝑘𝑦)p.	 (2.28)	

	
Here,	 D𝑇�¿ÀÀÀÀÀÀÀ	 is	 the	 mean	 surface	 temperature	 anomaly	 between	 40	 and	 80	 degrees	
latitude	at	sea	level	over	the	preceding	2	kyr.	The	modelled	benthic	d18O	is	calculated	
using	ice	volume,	ice-sheet	d18O	and	deep-water	temperatures	relative	to	PD	for	every	
100	years.	The	spatially	variable	isotope	content	of	the	individual	ice-sheets	is	tracked	
through	 time,	 with	 the	 surface	 isotope	 balance	 based	 on	 the	 observed	 present-day	
relation	 between	 precipitation	 rates	 and	 isotope	 content	 according	 to	 Zwally	 and	
Giovinetto	(1997)	Benthic	d18O	is	assumed	to	be	linearly	dependent	on	the	global	mean	
deep-water	 temperature	 anomaly,	 which	 is	 calculated	 by	 temporally	 smoothing	 the	
global	mean	surface	temperature	anomaly.	The	optimum	values	of	2	kyr	for	the	length	
of	the	CO2	averaging	window,	3	kyr	for	the	deep-water	temperature	averaging	window,	
and	20	for	the	scaling	parameter,	were	determined	by	de	Boer	et	al.	(2013),	producing	a	
value	of	D𝑇�¿ 	=	-15	K	at	LGM.	
	
The	simulations	presented	in	Chapters	4	and	5,	which	cover	the	late	Pliocene	and	early	
Pleistocene,	well	before	data	from	ice	core	records	are	available,	were	performed	using	
different	versions	of	the	inverse	forward	modelling	approach	to	force	the	model.	
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3.	Application	 of	GCM	 simulations	of	 paleoclimate	as	
forcing	for	an	ice-sheet	model:	set-up	and	benchmark	
experiments	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	

	
This	chapter	is	based	on:	Berends,	C.	J.,	de	Boer,	B.,	van	de	Wal,	R.	S.	W.:	Application	of	
HadCM3@Bristolv1.0	 simulations	 of	 paleoclimate	 as	 forcing	 for	 an	 ice-sheet	 model,	
ANICE2.1:	set-up	and	benchmark	experiments,	Geosci.	Model	Dev.,	11,	4657–4675,	2018.	 	
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Fully	coupled	ice-sheet-climate	modelling	over	10,000	–	100,000-year	time	scales	on	high	
spatial	and	temporal	resolution	remains	beyond	the	capability	of	current	computational	
systems.	Forcing	an	ice-sheet	model	with	pre-calculated	output	from	a	general	circulation	
model	(GCM)	offers	a	middle	ground,	balancing	the	need	to	accurately	capture	both	long-
term	processes,	 in	 particular	 circulation	 driven	 changes	 in	 precipitation,	 and	 processes	
requiring	a	high	spatial	resolution	like	ablation.	Here,	we	present	and	evaluate	a	model	set-
up	 that	 forces	 the	ANICE	 3D	 thermodynamic	 ice-sheet-shelf	model	 calculating	 the	 four	
large	continental	ice-sheets	(Antarctica,	Greenland,	North	America	and	Eurasia),	with	pre-
calculated	output	from	two	steady-state	simulations	with	the	HadCM3	(GCM),	using	a	so-
called	matrix	method	of	coupling	both	components,	where	simulations	with	various	levels	
of	 pCO2	 and	 ice-sheet	 configuration	 are	 combined	 to	 form	a	 time-continuous	 transient	
climate	 forcing	 consistent	 with	 the	 modelled	 ice-sheets.	 We	 address	 the	 difficulties	 in	
downscaling	low-resolution	GCM	output	to	the	higher-resolution	grid	of	an	ice-sheet	model,	
and	account	for	differences	between	GCM	and	ice-sheet	model	surface	topography	ranging	
from	 interglacial	 to	 glacial	 conditions.	 Although	 the	 approach	 presented	 here	 can	 be	
applied	to	a	matrix	with	any	number	of	GCM	snapshots,	we	limited	our	experiments	to	a	
matrix	 of	 only	 two	 snapshots.	As	 a	 benchmark	 experiment	 to	 assess	 the	 validity	 of	 this	
model	set-up,	we	perform	a	simulation	of	the	entire	last	glacial	cycle,	from	120	kyr	ago	to	
present-day.	The	simulated	eustatic	sea-level	drop	at	the	Last	Glacial	maximum	(LGM)	for	
the	combined	Antarctic,	Greenland,	Eurasian	and	North-American	ice-sheets	amounts	to	
100	m,	in	line	with	many	other	studies.	The	simulated	ice-sheets	at	LGM	agree	well	with	the	
ICE-5G	 reconstruction	 and	 the	 more	 recent	 DATED-1	 reconstruction	 in	 terms	 of	 total	
volume	and	geographical	 location	of	 the	 ice	 sheets.	Moreover,	modelled	benthic	oxygen	
isotope	abundance	and	the	relative	contributions	from	global	ice	volume	and	deep-water	
temperature	agree	well	with	available	data,	as	do	surface	temperature	histories	for	the	
Greenland	 and	 Antarctic	 ice-sheets.	 This	 model	 strategy	 can	 be	 used	 to	 create	 time-
continuous	ice-sheet	distribution	and	sea-level	reconstructions	for	geological	periods	up	to	
several	millions	of	years	in	duration,	capturing	climate	model	driven	variations	in	the	mass	
balance	of	the	ice	sheet.
	
3.1	Introduction	
	
Sea-level	rise	due	to	large-scale	retreat	of	the	Greenland	and	Antarctic	ice-sheets	poses	
one	 of	 the	 main	 long-term	 risks	 of	 climate	 change	 (Church	 et	 al.,	 2013).	 However,	
accurate	 projections	 of	 the	 magnitude	 and	 rate	 of	 retreat	 are	 limited	 by	 our	
understanding	of	the	feedback	processes	between	global	climate	and	the	cryosphere	on	
centennial	to	multi-millennial	time-scales.	One	way	to	test	the	performance	of	ice-sheet	
models	that	are	used	for	these	future	projections,	is	to	apply	these	models	to	ice-sheet	
evolution	in	the	geological	past,	both	during	glacial	periods	with	more	ice	than	present-
day,	and	warmer	periods	with	less	ice	(e.g.	Bamber	et	al.,	2009;	Pollard	and	DeConto,	
2009;	de	Boer	et	al.,	2013;	Dutton	et	al.,	2015).	
	
Ideally,	such	a	model	set-up	would	consist	of	a	general	circulation	model	(GCM)	fully	
coupled	to	an	ice-sheet	model,	exchanging	information	every	model	time-step.	However,	
whereas	the	computational	load	of	typical	ice-sheet	models	allows	simulations	of	10,000	
–	100,000	years	to	be	carried	out	within	a	reasonable	amount	of	time,	GCMs	are	much	
more	 computationally	 demanding,	 limiting	 simulation	 time	 to	 decadal	 or	 centennial	
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time-scales.	 Fully	 coupled	 ice-sheet-climate	 modelling	 of	 complete	 glacial	 cycles	 is	
therefore	not	feasible	with	the	current	state	of	model	infrastructure.	
	
In	 order	 to	 gain	 insight	 into	 the	 long-term	 interactions	 between	 the	 climate	 and	 the	
cryosphere	 despite	 these	 computational	 limitations,	 different	 solutions	 have	 been	
proposed	 in	 the	 past.	 Several	 studies	 of	 past	 glacial	 cycles	 using	 ice-sheet	 models	
(Bintanja	et	al.,	2002;	de	Boer	et	al.,	2014)	apply	a	present-day	climate	with	a	uniform	
temperature	 offset	 based	 on	 a	 “glacial	 index”,	 usually	 from	 ice-core	 isotope	 records,	
adapting	 precipitation	 based	 on	 a	 Clausius-Clapeyron	 type	 relationship.	 Others	 have	
used	a	similar	glacial	 index	to	create	a	 linear	combination	of	output	of	different	GCM	
time-slice	simulations	(Marshall	et	al.,	2000,	2002;	Charbit	et	al.,	2002,	2007;	Tarasov	
and	Peltier,	2004;	Zweck	and	Huybrechts,	2005;	Niu	et	al.,	2017).	Both	types	of	studies	
share	the	shortcoming	of	having	no	clear	physical	cause	for	the	prescribed	climatological	
variations,	 and	 no	 explicit	 feedback	 from	 the	 cryosphere	 back	 onto	 the	 prescribed	
climate.	Stap	et	al.	(2014;	2016)	used	a	zonally	averaged	energy	balance	model	coupled	
to	a	one-dimensional	ice-sheet	model	to	simulate	the	behaviour	of	global	climate	and	the	
cryosphere	over	millions	of	years,	trading	regional	details	for	the	ability	to	simulate	long-
term	 feedback	processes.	Others	used	dynamically	coupled	 ice-sheet	models	 to	Earth	
System	Models	of	Intermediate	Complexity	(Charbit	et	al.,	2005;	Ganopolski	et	al.,	2010).	
This	approach	comes	closer	to	the	ideal	case	of	an	ice-sheet	model	fully	coupled	to	a	GCM,	
but	 since	 EMICs	 typically	 have	 a	 coarse	 spatial	 resolution,	 processes	 influencing	 the	
surface	mass	balance	variably	over	the	different	parts	of	the	ice-sheet	(e.g.	precipitation,	
ablation)	still	need	to	be	parametrised.	Other	studies	have	asynchronously	coupled	ice-
sheet	models	to	GCMs	(Herrington	and	Poulsen,	2012),	or	used	fully-coupled	ice-sheet-
GCM	set-ups	with	low-resolution	GCMs	for	shorter	periods	of	model	time	(Gregory	et	al.,	
2012),	 all	 showing	 that	 non-linear	 and	non-local	 processes,	 particularly	 atmospheric	
stationary	 waves,	 surface	 albedo	 and	 altitude	 feedback,	 can	 significantly	 affect	 the	
behaviour	 of	 ice-sheets	 under	 a	 changing	 climate.	 Although	 such	 studies	 explicitly	
describe	many	more	physical	processes	and	feedbacks,	computational	resources	quickly	
become	a	limiting	factor	in	the	length	and	number	of	simulations	than	can	be	performed.	
Abe-Ouchi	et	al.	(2013)	performed	a	very	detailed	decoupling	of	the	effects	on	climate	of	
changes	in	pCO2,	albedo,	surface	elevation	and	atmospheric	circulation	based	on	several	
GCM	snapshots	and	used	these	to	force	an	ice-sheet	model	in	a	manner	similar	to	both	
the	glacial	index	method	and	the	method	described	in	this	manuscript,	highlighting	the	
importance	of	isostatic	adjustment	of	the	lithosphere	in	producing	the	100-kyr	glacial	
cycles.	By	using	pre-calculated	GCM	output,	this	approach	makes	it	possible	to	run	many	
different	simulations	and	investigate	the	effects	of	different	physical	processes.	
	
The	“matrix	method”	of	hybrid	ice-sheet-climate	modelling	(Pollard,	2010;	Pollard	et	al.,	
2013)	is	based	on	a	collection	of	steady-state	GCM	simulations	where	different	values	for	
one	 or	more	 parameters	 such	as	 pCO2,	 insolation	 or	 global	 ice	 coverage	 are	 used	 to	
construct	a	so-called	“climate	matrix”.	By	varying	these	parameters	continuously	over	
time	and	interpolating	between	these	pre-calculated	climate	states,	a	time-continuous	
climate	 history	 can	 be	 constructed,	 which	 can	 be	 used	 to	 force	 an	 ice-sheet	 model.	
Pollard	et	al.	(2013)	used	this	method	to	simulate	the	evolution	of	the	Antarctic	ice-sheet	
during	the	early	Oligocene	for	6	million	years,	using	a	40	km	resolution	ice-sheet	model	
forced	with	output	from	the	GENESIS	version	3	GCM.	They	concluded	that	the	method	



3.1	Introduction	
	

	 31	

had	some	drawbacks,	including	a	crude	albedo	feedback,	and	inability	to	smoothly	track	
orographic	precipitation,	but	that	it	was	adequate	for	studying	the	large-scale	ice-sheet	
evolution	in	which	they	were	interested.	
	
An	important	difference	between	the	glacial	index	approach	and	the	matrix	method	is	
the	latter’s	more	explicit	description	of	the	feedback	of	an	expanding	or	retreating	ice-
sheet	 on	 local,	 regional	 and	 global	 climate.	 In	 a	 glacial	 index	 model,	 the	 temporal	
evolution	 of	 the	 prescribed	 climatology	 is	 determined	 by	 an	 external	 forcing	 record	
(typically	 pCO2,	 benthic	d18O	 or	 ice-core	 isotopes).	 The	matrix	method	combines	 this	
external	forcing	with	one	or	more	internally	modelled	parameters	(typically	ice	volume	
or	 extent)	 to	 determine	 the	 applied	 climatology,	 thus	 allowing	 changes	 in	 ice-sheet	
configuration	 to	feed	back	on	climate.	Although	 this	approach	does	still	not	explicitly	
describe	 all	 the	 feedback	 processes	 that	 can	 be	 included	 in	 a	 fully	 coupled	 ice-sheet	
model	 –	 AOGCM	 set-up,	 such	 as	 the	 influence	 of	 a	 growing	 ice-sheet	 dome	 on	
atmospheric	circulation	and	stationary	waves	and	the	influence	of	freshwater	fluxes	on	
ocean	circulation,	it	at	least	partially	captures	the	feedbacks	which	are	not	accounted	for	
in	a	glacial	index	model	and	it	does	not	require	much	more	computational	resources.	
	
In	 this	 study,	we	constructed	a	model	 set-up	with	a	climate	matrix	consisting	of	 two	
simulations	with	the	HadCM3	GCM.	The	climate	that	is	obtained	from	this	matrix,	based	
on	the	prescribed	atmospheric	CO2	concentration	and	internally	modelled	ice-sheets,	is	
applied	to	the	mass	balance	module	of	the	ANICE	ice-sheet	model,	which	simulates	the	
evolution	of	all	four	major	continental	ice-sheets	(North	America,	Eurasia,	Greenland	and	
Antarctica)	simultaneously.	Difficulties	in	bridging	the	differences	in	model	resolution	
and	 differences	 in	 ice-sheet	 configuration	 between	 GCM	 and	 ice-sheet	 model	 state,	
especially	 regarding	 the	 orographic	 forcing	 of	 precipitation	 resulting	 from	 ice-sheet	
advance,	are	addressed	and	overcome.	As	a	benchmark	experiment,	a	simulation	of	the	
entire	last	glacial	cycle,	from	120	kyr	to	present-day,	was	performed	with	this	model	set-
up.	We	show	that,	because	of	several	improvements	to	the	way	changes	in	albedo	and	
precipitation	 are	 handled	 by	 the	 model,	 we	 simulate	 ice-sheets	 at	 the	 Last	 Glacial	
Maximum	(LGM)	 that	agree	very	well	with	geomorphology-based	reconstructions	for	
Eurasia	and	better	than	previous	ANICE	versions	for	North	America.	
	
Previous	work	with	 the	ANICE	 ice-sheet	model	 (de	Boer	 et	 al.,	 2013,	 2014)	 used	 an	
inverse	coupling	method,	where	a	global	temperature	offset	is	calculated	in	every	model	
time-step	 such	 that	 the	 resulting	 deep-water	 temperature,	 combined	with	 simulated	
global	 ice	 volume,	 matches	 a	 prescribed	 d18O	 record.	 This	 approach	 essentially	
determines	how	global	climate	should	have	behaved	in	order	to	produce	the	observed	
d18O	record	 -	 regardless	of	what,	 if	 anything,	 could	have	caused	 the	resulting	strong,	
rapid	climatic	variations.	Instead	of	working	back	from	the	a	posteriori	result	of	benthic	
d18O,	the	new	approach	presented	here	starts	with	the	a	priori	forcings	of	insolation	and	
pCO2	and	determines	what	global	climate	should	have	looked	like	based	on	the	forcings	
and	the	modelled	ice-sheets.	Although	this	still	does	not	solve	the	discrepancy	between	
the	rapid	cooling	and	sea-level	drop	suggested	by	the	d18O	record	and	sea-level	data	on	
the	 one	 hand,	 and	 the	much	more	 gradual	 decline	 in	 pCO2	 and	 surface	 temperature	
shown	in	the	ice	cores	on	the	other	that	was	observed	by	other	studies	(Bintanja	and	van	
de	Wal,	2008;	van	de	Wal	et	al.,	2011;	de	Boer	et	al,	2014;	Niu	et	al.,	2017)	 it	might	
provide	new	insights	on	the	cause	of	this	discrepancy.
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3.2	Methodology	
	
3.2.1	Climate	model	
HadCM3	is	a	coupled	atmosphere-ocean	general	circulation	model	(Gordon	et	al.,	2000;	
Valdes	et	al.,	2017).	It	has	been	shown	to	be	capable	of	accurately	reproducing	the	heat	
budget	of	 the	present-day	climate	 (Gordon	et	al.,	2000)	and	has	been	used	for	 future	
climate	 projections	 in	 the	 IPCC	 AR4	 (Solomon	 et	 al.,	 2007)	 as	well	 as	 palaeoclimate	
reconstructions	 such	 as	 PMIP2	 (Braconnot	 et	 al.,	 2007)	 and	 PlioMIP	 (Haywood	 and	
Valdes,	2003;	Dolan	et	al.,	2011,	2015;	Haywood	et	al.,	2013).	The	atmosphere	module	of	
HadCM3	covers	the	entire	globe	with	grid	cells	of	2.5	°	latitude	by	3.75	°	longitude,	giving	
a	 north-south	 resolution	 of	 about	 278	 km,	whereas	east-west	 resolution	 varies	 from	
about	70	km	over	northern	Greenland	(80	°	 latitude)	to	about	290	km	over	southern	
Canada	(45	°	latitude,	the	southern-most	area	covered	by	the	ANICE	grid).	The	ocean	is	
modelled	at	a	horizontal	resolution	of	1.25	°	by	1.25	°,	with	20	vertical	layers.	
	
In	 their	 2010	 study,	 Singarayer	 and	 Valdes	 used	 HadCM3	 to	 simulate	 global	 climate	
during	the	LGM,	the	pre-industrial	period	(PI)	and	several	time	slices	in	between.	Orbital	
parameters	 representative	 of	 the	 era	 are	 used	 according	 to	 Laskar	 et	 al.	 (2004),	
atmospheric	CO2	concentration	is	prescribed	according	to	the	Vostok	ice-core	record	
(190	ppmv	 at	 LGM;	Petit	 et	al.,	 1999;	Loulergue	 et	al.,	2008)	 and	 orographic	 forcing	
follows	the	ICE-5G	ice	distribution	reconstruction	by	Peltier	(2004),	shown	in	Fig.	3.1.	
Temperature	and	precipitation	fields	resulting	from	these	two	experiments	are	shown	
in	Fig.	3.2	and	Fig.	3.3.	
	

	
Figure	3.1:	LGM	ice	thickness	distributions	from	the	ICE-5G	reconstruction	(Peltier,	2004)	
for	 A)	 the	 Northern	 hemisphere	 and	 B)	 Antarctica.	 Contour	 lines	 for	 the	 Northern	
Hemisphere	show	ice	thickness,	contour	lines	for	Antarctica	show	surface	elevation.	

The	modelled	glacial-interglacial	global	mean	temperature	difference	is	4.3	K,	which	is	
in	good	agreement	with	results	from	other	model	studies	(Hewitt	et	al.,	2001;	Braconnot	
et	al.,	2007),	as	well	as	reconstructions	from	multiple	proxies	(Jansen	et	al.,	2007;	Annan	
and	 Hargreaves,	 2013).	 Comparisons	 of	 the	 model	 results	 with	 ice	 core	 isotope	
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temperature	reconstructions	from	Greenland	(GRIP;	Masson-Delmotte	et	al.,	2005)	and	
Antarctica	 (EPICA	 dome	 C;	 Jouzel	 et	 al.,	 2007),	 as	 well	 as	 borehole-derived	 surface	
temperature	reconstructions	(Dahl-Jensen	et	al.,	1998)	indicate	that	glacial-interglacial	
temperature	changes	at	these	high	latitudes	are	slightly	underestimated	by	the	model,	
by	up	to	1.5	K	over	Antarctica	and	up	to	4	K	over	Greenland.	
	

	
Figure	3.2:	Annual	mean	2m	temperature	for	the	Northern	Hemisphere	(A)	and	Antarctica	
(B)	and	total	annual	precipitation	(C	and	D),	calculated	with	HadCM3	in	the	PI_Control	
experiment	(Singarayer	and	Valdes,	2010).	
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Figure	3.3:	Annual	mean	2m	temperature	for	the	Northern	Hemisphere	(A)	and	Antarctica	
(B)	 and	 total	 annual	 precipitation	 (C	 and	 D),	 calculated	 with	 HadCM3	 in	 the	 LGM	
experiment	(Singarayer	and	Valdes,	2010).	

3.2.2	Ice-sheet	model	
To	simulate	the	ice	evolution	on	Earth	we	use	ANICE,	a	coupled	3-D	ice-sheet-shelf	model	
described	in	detail	in	Sect.	2.	Briefly,	it	combines	the	shallow	ice	approximation	(SIA)	for	
grounded	ice	with	the	shallow	shelf	approximation	(SSA)	for	floating	ice	shelves	to	solve	
the	 mechanical	 equations	 and	 incorporates	 a	 thermodynamical	 module	 to	 calculate	
internal	 ice	 temperatures.	The	surface	mass	balance	 is	 calculated	with	an	 insolation-
temperature	scheme.	The	sea-level	equation	solver	SELEN	was	not	used	for	this	study.	
	
In	their	2013	study,	de	Boer	et	al.	simulated	global	ice	distribution	and	sea	level	variation	
over	the	last	1	million	years,	forcing	ANICE	with	the	LR04	benthic	�18O	record	using	an	
inverse	routine.	Their	simulated	LGM	ice-sheets	are	shown	in	Fig.	3.4.	They	showed	that	
their	results	are	in	good	agreement	with	existing	independent	literature	in	terms	of	sea-
level	 contributions	 (Rohling	 et	 al.,	 2009;	 Thompson	 and	 Goldstein,	 2006),	 sea-water	
heavy	isotope	enrichment	(Duplessy	et	al.,	2002;	Lhomme	and	Clarke,	2005)	and	other	
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modelling	 studies	 (Huybrechts,	 2002;	Bintanja	et	 al.,	 2005;	Bintanja	and	 van	de	Wal,	
2008;	Pollard	and	DeConto,	2009),	although	ice-sheet	location	and	extent	do	not	agree	
well	with	evidence	from	geomorphology	(Ehlers	and	Gibbard,	2007;	de	Boer	et	al.,	2013	
and	references	therein).	The	latter	is	likely	a	result	from	the	absence	of	feedback	from	
the	growth	of	large	ice-sheets	onto	large-scale	atmospheric	circulation	patterns	in	the	
model,	e.g.	failing	to	reproduce	the	decrease	in	precipitation	over	the	Barents	Sea	–	Kara	
Sea	area	caused	by	the	appearance	of	the	large	Fennoscandian	ice	dome,	resulting	in	the	
appearance	 of	 an	 unrealistically	 large	 ice	 dome	 over	 the	 Barents	 Sea.	 The	 highly	
parameterized	climate	 forcing	 and	 resulting	 computational	 efficiency	 of	ANICE	allow	
these	transient	simulations	of	multiple	glacial	cycles	to	be	carried	out	within	10	–	100h	
on	single-core	systems,	making	ensemble	simulations	feasible.	
	

	
Figure	 3.4:	 Ice-sheets	 (white)	 and	 shelves	 (light	 blue)	 at	 LGM	 over	 A)	 the	 Northern	
Hemisphere	and	B)	Antarctica,	as	simulated	with	the	default	ANICE	version	from	de	Boer	
et	al.	(2014).	Contour	lines	for	the	Northern	Hemisphere	show	ice	thickness,	contour	lines	
for	Antarctica	show	surface	elevation.	Bedrock	elevation	where	not	covered	by	ice	shown	
by	colours,	present-day	shorelines	shown	in	blue,	ICE-5G	ice	margin	shown	in	red.	

3.2.3	Climate	matrix	forcing	
A	 climate	 matrix,	 as	 defined	 by	 Pollard	 (2010),	 is	 a	 collection	 of	 output	 data	 from	
different	steady-state	GCM	simulations	that	differ	from	each	other	in	one	or	more	key	
parameters	 or	 boundary	 conditions,	 such	 as	 prescribed	 atmospheric	 pCO2,	 orbital	
configuration	or	ice-sheet	configuration.	At	every	point	in	time	during	the	simulation,	
the	 location	 of	 the	 model	 state	 within	 this	 matrix	 is	 extracted	 from	 the	 matrix	 by	
interpolating	between	its	constituent	pre-calculated	climate	states.	The	pair	of	climate	
states	generated	by	Singarayer	and	Valdes	(2010)	using	HadCM3	is	based	on	otherwise	
identical	 input	 parameters	 that	 differ	 in	 two	 respects:	 pCO2	 and	 ice-sheet	 coverage.	
These	climate	states	can	be	viewed	as	points	a	 two-dimensional	 climate	matrix,	with	
pCO2	constituting	one	dimension	and	ice-sheet	coverage	constituting	another.	In	order	
to	calculate	a	climate	state	for	intermediate	pCO2	and	ice-sheet	coverage	values,	simple	
weight	functions	yielding	linear	interpolation	in	this	climate	phase-space	will	yield	the	
corresponding	monthly	temperature	and	precipitation	fields.	
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The	weighting	factor	wCO2	is	calculated	as:	
	
	 𝑤Å�0 =

𝑝𝐶𝑂0 − 𝑝𝐶𝑂0,ÇÈÉ
𝑝𝐶𝑂0,wÊ − 𝑝𝐶𝑂0,ÇÈÉ

,	 (3.1)	

	
with	pCO2,PI	=	280	ppmv	and	pCO2,LGM	=	190	ppmv.	Although	the	dependence	of	radiative	
forcing	on	pCO2	is	logarithmic	rather	than	linear,	preliminary	experiments	showed	that	
changing	 this	 in	 the	 calculation	 of	 the	 weighting	 factor	 did	 not	 result	 in	 significant	
changes	 in	modelled	sea-level	at	LGM,	considering	 the	uncertainty	 from	other	model	
parameters.	
	
To	determine	the	position	of	the	model	state	along	the	pCO2	dimension	of	the	climate	
matrix,	we	use	the	EPICA	ice	core	record	by	Lüthi	et	al.	(2008).	However,	the	ice-sheet	
coverage	dimension	of	the	matrix,	described	by	wice,	is	more	complicated	and	cannot	be	
adequately	described	by	a	single	scalar	weight	function.	Since	a	continental-sized	ice-
sheet	affects	both	local	and	global	temperature	mainly	because	of	the	increase	in	albedo,	
we	 chose	 to	 represent	 this	 process	 in	 the	 model	 by	 making	 the	 ice-sheet	 coverage	
dimension	of	the	climate	matrix	a	spatially	variable	field	𝑤¶i(𝑥, 𝑦),	calculated	by	scaling	
between	the	local	absorbed	insolation	at	present-day	and	at	LGM.	In	this	way	the	albedo	
feedback	 is	 captured	more	 realistically.	 The	 absorbed	 insolation	 Iabs	 is	 calculated	 by	
multiplying	incoming	insolation	at	the	top	of	the	atmosphere	QTOA	(from	Laskar	et	al.,	
2004)	with	the	surface	albedo	a,	the	latter	being	calculated	internally	by	ANICE:		
	
	 𝐼{Uz(𝑥, 𝑦) = -1 − 𝛼(𝑥, 𝑦)3 ∙ 𝑄I�^(𝑥, 𝑦).	 (3.2)	

	
The	weighting	field	is	calculated	by	scaling	between	the	PI	and	LGM	reference	fields:		
	
	
𝑤,z(𝑥, 𝑦) =

𝐼{Uz,«l®(𝑥, 𝑦) − 𝐼{Uz,ÇÈÉ(𝑥, 𝑦)
𝐼{Uz,wÊ(𝑥, 𝑦) − 𝐼{Uz,ÇÈÉ(𝑥, 𝑦)

,	
(3.3)	

	
running	from	0	at	the	LGM	to	1	for	the	PI.	To	account	for	both	local	and	regional	effects,	
a	Gaussian	smoothing	filter	F	with	a	radius	of	200	km,	and	a	total	average	value	are	added	
to	the	weighting	field:		
	
	 𝑤¶i(𝑥, 𝑦) =

5
�
𝑤,z(𝑥, 𝑦) +

M
�
𝐹-𝑤,z(𝑥, 𝑦)3 +

M
�
𝑤Í,zÀÀÀÀÀÀ,	 (3.4)	

	
with	 the	 weights	 of	 the	 respective	 unsmoothed,	 smoothed	 and	 average	 values	
determined	experimentally,	such	that	the	precipitation	on	the	ice-sheet	flanks,	resulting	
from	applying	the	Roe	precipitation	model,	has	values	similar	to	those	on	the	flanks	of	
the	ice-sheets	in	the	reference	GCM	snapshots.	The	value	of	200	km	for	the	smoothing	
radius	is	based	on	de	Boer	et	al.	(2014),	who	used	a	similar	smoothing	procedure	in	their	
precipitation	model.	Preliminary	experiments	showed	that	changing	this	value	did	not	
result	in	significant	changes	in	modelled	LGM	sea-level,	within	the	uncertainty	arising	
from	 other	 model	 parameters.	 For	 all	 four	 ice-sheets,	 these	 spatially	 variable	 ice	
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weighting	 fields	 are	 combined	 with	 the	 scalar	 pCO2	 weight	 wCO2	 to	 yield	 the	 final	
weighting	parameter	wtot:	
	
	 𝑤|l| =

𝑤Å�0 + 𝑤¶i
2 ,	 (3.5)	

	
which	 is	 used	 to	 linearly	 interpolate	 between	 the	 states	 in	 the	 climate	 matrix	 and	
calculate	 the	 reference	 temperature,	 precipitation	 and	 orography.	 Preliminary	
experiments	showed	that	changing	the	distribution	of	contributions	from	wCO2	and	wice	
did	not	result	in	significant	changes	in	modelled	LGM	sea-level,	within	the	uncertainty	
arising	from	other	model	parameters.	Since	the	two	variables	generally	show	coherent	
temporal	behaviour,	the	two	weighting	factors	are	usually	close	together,	meaning	wtot	
doesn’t	change	much	when	altering	the	distribution.	When	too	much	weight	is	given	to	
wice	(between	2	and	4	times	more	than	wCO2),	eventually	a	threshold	is	reached	where	
the	drop	in	pCO2	during	the	early	phase	of	the	glacial	cycle	doesn’t	result	 in	a	strong	
enough	cooling	to	trigger	the	growth	of	ice,	thus	breaking	down	this	similarity.	
	
Precipitation	 is	 customarily	 interpolated	 logarithmically	 to	 accurately	 reflect	 relative	
changes	and	to	prevent	the	occurrence	of	negative	values:		
		
	 𝑇hij,ÈÅÉ(𝑥, 𝑦) = 𝑤|l| ∙ 𝑇wÊ(𝑥, 𝑦) + (1 − 𝑤|l|) ∙ 𝑇ÇÈÉ(𝑥, 𝑦),	

𝑃hij,ÈÅÉ(𝑥, 𝑦) = 𝑒n�ÎyÎ∙klY-wÏÐ(/,2)3Ñ(54�ÎyÎ)∙klY-wÒÓÔ(/,2)3p,	

(3.6)	
(3.7)	

	 ℎhij,ÈÅÉ(𝑥, 𝑦) = 𝑤|l| ∙ ℎwÊ(𝑥, 𝑦) + (1 −𝑤|l|) ∙ ℎÇÈÉ(𝑥, 𝑦).	 (3.8)	

	
Being	 linear	combinations	of	output	data	from	a	relatively	 low-resolution	GCM,	 these	
three	data	fields	necessarily	have	a	lower	resolution	than	the	ice-sheet	model	to	which	
they	will	be	applied.	To	correct	for	this,	the	temperature	and	precipitation	are	adapted	
based	on	the	difference	between	the	interpolated	reference	orography	href,GCM	and	the	
actual	model	orography,	using	the	approach	by	de	Boer	et	al.	(2013)	described	in	Sect.	
2.2.	
	
Since	 the	 relative	 changes	 in	 ice-sheet	 size	 for	 Greenland	 and	 Antarctica	 are	 much	
smaller	 than	 those	 for	 North	 America	 and	 Eurasia,	 the	 relative	 changes	 in	 absorbed	
insolation	in	those	regions	are	proportionally	smaller	and	should	therefore	have	had	less	
impact	on	local	climate.	For	example,	for	North	America	the	total	absorbed	insolation	
over	the	model	grid	at	LGM	is	32	%	lower	than	at	present-day,	whereas	for	Antarctica	
this	change	is	only	5	%.	This	is	reflected	in	the	model	by	giving	more	weight	to	the	pCO2	
parameter:		
	
	
𝐺𝑅𝐿,𝐴𝑁𝑇:	𝑤|l| =

3 ∙ 𝑤Å�0 + 𝑤¶i(𝑥, 𝑦)
4 .	

(3.9)	

	
Preliminary	 experiments	 showed	 that	 here	 too,	 the	 sensitivity	 of	 the	 modelled	 ice	
volume	to	this	distribution	is	relatively	low.	
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3.2.4	Lapse	rate	
One	of	the	major	simplifications	in	the	ANICE	mass	balance	model	is	the	assumption	that	
temperature	 decreases	 linearly	with	 altitude	 -	 the	 spatially	 and	 temporally	 constant	
lapse-rate	of	-8	K/km.	As	has	been	shown	by	de	Boer	et	al.	(2014),	the	methodology	of	
combining	 this	 constant	 lapse-rate	 with	 a	 global	 temperature	 offset	 derived	 from	
external	 forcing	produced	realistic	 results	 in	 terms	of	global	and	regional	 ice	volume	
when	 simulating	 Pleistocene	 glacial	 cycles.	 However,	 even	 though	 the	 reference	
orography	field	obtained	from	the	climate	matrix	is	already	close	to	the	model	orography	
and	 the	correction	applied	 to	 the	GCM	reference	 temperature	 field	 is	 therefore	much	
smaller,	 preliminary	 experiments	 showed	 that	 even	 making	 these	 relatively	 small	
corrections	using	a	constant	lapse-rate	resulted	in	distorted	results.		
	
The	limitations	of	this	constant	lapse	rate	procedure	can	be	seen	over	the	western	part	
of	Canada,	an	area	that	is	hypothesized	to	have	remained	ice-free	for	the	larger	part	of	
the	last	glacial	cycle	until	a	few	thousand	years	before	LGM.	Here,	results	from	the	LGM	
experiment	with	HadCM3	(Singarayer	and	Valdes,	2010)	indicate	mean	annual	surface	
temperatures	 of	around	235	K,	 or	 -38	 °C.	When	calculating	 this	 surface	 temperature	
following	the	approach	by	de	Boer	et	al.	(2014),	starting	with	the	present-day	surface	
temperature	at	bedrock	and	scaling	with	the	constant	lapse-rate	of	-8	K/km	to	the	ice-
sheet	 surface	 (with	 an	 ice	 thickness	 of	 up	 to	 5000	 m,	 as	 indicated	 by	 ICE-5G),	 the	
resulting	value	is	about	220	K,	or	-53	°C,	about	15	degrees	colder	than	calculated	with	
the	GCM,	as	shown	in	Fig.	3.5.	A	problem	occurs	during	the	inception	and	the	subsequent	
build-up	 towards	 LGM,	when	 this	 area	 is	 still	 ice-free	 in	 the	model.	 Using	 the	GCM-
generated	temperature	field	as	a	reference	and	scaling	this	down	to	bedrock	level	will	
then	result	in	surface	temperatures	that	are	actually	warmer	than	present-day.	This	is	
unlikely	and	results	in	overestimated	melt	rates	near	the	ice	margins.	
	

	
Figure	3.5:	Mean	annual	surface	temperature	at	LGM	over	North	America	as	generated	
with	HadCM3	by	Singarayer	and	Valdes	(2010)	(A)	versus	the	temperature	field	generated	
for	 these	 conditions	 using	 a	 constant	 lapse-rate	 approach	 (B).	 GCM	 temperatures	 are	
substantially	higher	over	the	main	dome	of	the	ice-sheet	(area	indicated	by	black	circle).	

A	solution	to	this	is	to	slightly	adapt	the	constant	lapse-rate	approximation.	Assuming	
the	 GCM-generated	 temperature	 field	 at	 LGM	 is	 still	 based	 upon	 the	 present-day	
temperature	field	plus	a	global	offset	and	a	(local)	lapse-rate	correction,	similar	to	the	
old	ANICE	method,	this	local	lapse-rate	correction	field	is	then	calculated	as:	
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	 λÇÈÉ(𝑥, 𝑦) = −

𝑇ÇÈÉ(𝑥, 𝑦) − (𝑇wÊ(𝑥, 𝑦) + ∆𝑇ÇÈÉ)
ℎÇÈÉ(𝑥, 𝑦) − ℎwÊ(𝑥, 𝑦)

,	 (3.10)	

	
and	the	downscaling	from	the	GCM	grid	to	the	ice	model	grid,	previously	described	by	
Eq.	2.1,	now	being	calculated	as:		
	
	 𝑇(𝑥, 𝑦) = 	𝑇hij(𝑥, 𝑦) + λÇÈÉ(𝑥, 𝑦)nℎ(𝑥, 𝑦) − ℎhij(𝑥, 𝑦)p,	 (3.11)	

	
where	the	local	lapse-rate	at	LGM,	λÇÈÉ,	is	calculated	by	dividing	the	difference	between	
the	local	GCM-calculated	surface	temperature,	𝑇ÇÈÉ,	and	the	extrapolated	temperature	
at	 local	 bedrock	 altitude,	 𝑇Ui®(𝑥, 𝑦, 𝑡) = 𝑇wÊ(𝑥, 𝑦, 𝑡) + ∆𝑇ÇÈÉ,	 by	 the	 change	 in	 local	
orography,	ℎÇÈÉ,	with	respect	to	present-day	(hPI).	The	temperature	offset	∆𝑇ÇÈÉis	the	
mean	difference	in	GCM-calculated	temperature	between	the	LGM	and	PI	fields	over	the	
ice-free	area	in	the	respective	model	region	(either	North	America	or	Eurasia)	at	LGM.	
For	North	America,	this	results	in	a	value	of	∆𝑇ÇÈÉ = −14.9	K.	This	methodology	ensures	
that	when	the	modelled	ice-sheet	is	identical	to	the	ICE-5G	ice-sheet	at	LGM	and	the	CO2	
concentration	is	at	the	LGM	value	(190	ppmv	pCO2),	the	temperature	field	that	is	used	to	
calculate	the	mass	balance	is	still	 identical	to	the	GCM-calculated	temperature	field.	It	
also	guarantees	that,	when	pCO2	is	at	190	ppmv	but	no	ice	is	present	in	the	model,	mean	
annual	surface	temperatures	are	uniformly	lower	than	present-day	by	∆𝑇ÇÈÉ.		
	
Of	course,	the	latter	scenario	only	occurs	during	non-physical	steady-state	experiments	
such	as	forcing	ANICE	with	the	LGM	GCM	climate	but	initializing	with	present-day	ice	
cover.	During	transient	experiments,	the	modelled	ice-sheets	generally	resemble	those	
“expected”	by	the	mass	balance	model	through	the	climate	state	on	which	it	is	based,	that	
the	applied	lapse-rate	correction	is	generally	small.	This	variable	lapse-rate	solution	is	
used	 in	 the	surface	mass	balance	models	 for	North	America	and	Eurasia,	 since	 those	
regions	 see	 the	 dramatic	 changes	 in	 orography	 that	 require	 this	 correction.	 For	
Greenland	 and	 Antarctica,	 where	 the	 changes	 in	 ice	 cover	 are	 relatively	 small	 even	
during	glacial	cycles,	the	constant	lapse-rate	is	still	applied	with	a	value	of	8	K/km	based	
on	earlier	work	with	ANICE	by	Helsen	et	al.	(2013)	and	de	Boer	et	al.	(2014).	
	
3.2.5	Precipitation	
Present-day	observations	from	Greenland	indicate	that	the	effect	a	continental-sized	ice-
sheet	has	on	local	precipitation	is	mostly	due	to	geometry;	more	precipitation	falls	on	
the	flanks	due	to	orographic	forcing,	and	as	a	result	the	dome	becomes	a	plateau	desert	
(Roe	and	Lindzen,	2001;	Roe,	2002).	The	different	character	of	this	process	calls	for	a	
different	representation	in	the	model	than	the	absorbed	insolation-based	temperature	
calculation.	In	order	to	calculate	monthly	precipitation	values,	 for	North	America	and	
Eurasia	we	use	the	“local	ice-weighting”	method	described	by	Pollard	(2010).	For	every	
element	of	the	spatial	grid,	ice	thickness	relative	to	the	ice	thicknesses	at	that	element	
for	the	different	reference	GCM	states,	limited	by	the	total	volume	of	the	ice-sheet,	is	used	
to	 obtain	 the	 interpolation	 parameter	 for	 the	 ice	 dimension	 of	 the	 climate	 matrix.	
Although	physically,	precipitation	is	influenced	by	surface	altitude,	not	ice	thickness,	the	
fact	that	the	weight	is	calculated	based	on	scaling	the	model	state	between	two	extremes	
means	the	end	result	is	the	same	as	long	as	the	rate	of	change	of	ice	thickness	and	surface	
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altitude	is	the	same.	The	discrepancy	between	the	two	is	caused	by	isostatic	adjustment.	
During	the	inception	phase	of	the	glacial	cycle,	the	ice	grows	slowly	enough	that	there	is	
hardly	any	discernible	time	lag	between	ice	thickness	and	surface	altitude.	During	the	
deglaciation	this	is	not	true	anymore,	but	since	ice-sheet	evolution	during	that	phase	is	
dominated	by	ablation	rather	than	precipitation,	a	parameterization	based	on	elevation	
instead	of	ice	thickness	yields	similar	results.	The	interpolation	parameter	for	the	“ice”	
dimension	of	the	climate	matrix	wice	is	expressed	as:	
	
	 𝑤¶i(𝑥, 𝑦) =

¿×yØ(/,2)4¿ÏÐ(/,2)
¿ÒÓÔ(/,2)4¿ÏÐ(/,2)

∙ Ù×yØ4ÙÏÐ
ÙÒÓÔ4ÙÏÐ

,	 (3.12)	

	 	 	

where	Himod	 is	 the	 modelled	 local	 ice	 thickness	 and	HiPI	 and	HiLGM	 are	 the	 local	 ice	
thickness	values	in	the	reference	fields	from	the	GCM	states.	Vmod,	VPI	and	VLGM	are	the	
modelled	and	reference	ice-sheet	volumes.	For	Greenland	and	Antarctica,	only	the	total	
ice	volume	limitation	is	applied	and	the	interpolation	weight	is	calculated	as:		
	
	 𝑤¶i(𝑥, 𝑦) =

Ù×yØ4ÙÏÐ
ÙÒÓÔ4ÙÏÐ

.	 (3.13)	

	
The	first	term	in	Eq.	3.12	describes	the	local	 ice	weighting	method	by	Pollard	(2010),	
whereas	the	second	term	describes	the	total	 ice	volume	scaling.	Combining	these	two	
terms	 ensures	 that	 precipitation	 prescribed	 to	 the	model	 only	 decreases	 over	 areas	
where	the	model	actually	simulates	ice,	and	that	the	drop	in	precipitation	caused	by	the	
ice-plateau-desert	effect	scales	appropriately	with	ice-sheet	size.	Since	the	thickness	of	
a	growing	ice-sheet	levels	off	much	earlier	than	its	horizontal	extent,	an	ice-sheet	of	only	
a	quarter	of	its	LGM	extent	can	already	have	nearly	the	same	maximum	thickness.	Scaling	
precipitation	 based	 on	 local	 thickness	 alone	 will	 therefore	 result	 in	 the	 ice	 plateau	
becoming	too	dry	too	early	in	the	growth	phase,	 limiting	further	growth.	Preliminary	
experiments	showed	that	including	the	total	ice-sheet	volume	in	the	calculation	of	the	
weighting	 factor	 solved	 this	 problem,	 resulting	 in	 a	 growth	 rate	 more	 in	 line	 with	
expectations	from	sea-level	records.	
The	reason	that	the	local	 ice	thickness	term	is	absent	in	the	calculation	for	Greenland	
and	Antarctica	shown	in	Eq.	3.13	is	that	the	ICE-5G	LGM	ice-sheets	that	were	used	to	
calculate	 the	 corresponding	 GCM	 states	 are,	 in	many	 places,	 thinner	 at	 LGM	 than	 at	
present-day,	even	though	the	total	volume	of	the	ice-sheet	 is	 larger.	This	would	mean	
that	an	 increase	of	modelled	 ice	 thickness	would	 lead	 to	an	 increase	 in	applied	 local	
precipitation,	 causing	 unrealistic	 ice	 growth.	 Therefore,	 in	 order	 to	 prevent	 such	
unrealistic	scenarios,	precipitation	is	scaled	only	by	the	total	ice-sheet	volume.	
	
For	 Greenland	 and	 Antarctica,	 the	 reference	 GCM	 precipitation	 field	 PGCM,ref,	 is	
downscaled	from	the	GCM	to	the	ice-sheet	model	resolution	based	on	the	difference	in	
temperature	between	the	model	state	Tmod	and	the	reference	GCM	state	TGCM,	as	shown	
in	Eq.	3.14,	according	to	a	Clausius-Clapeyron	relationship,	similar	to	the	approach	by	de	
Boer	et	al.	(2014)	described	in	Sect.	2.2.	This	ensures	that	smaller	scale	topographical	
features	present	in	the	model	but	not	in	the	lower	resolution	GCM	have	an	influence	on	
local	precipitation	through	their	effect	on	local	surface	temperature.		
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	 𝑃«l®(𝑥, 𝑦) = 𝑃ÈÅÉ,hij(𝑥, 𝑦) ∙ 1.0266-I×yØ(/,2)4IÓÚÔ(/,2)3	 (3.14)	
	
Similarly,	for	North	America	and	Eurasia,	precipitation	is	adjusted	using	the	Roe	(2002)	
parameterization	for	wind-orography-based	correction	of	precipitation	as	described	in	
Eq.	 2.3	 –	 2.6,	 but	 now	 by	 using	 the	 GCM-generated	 precipitation	 and	 orography	 as	
reference	 fields	 instead	 of	 their	 ERA-40	 equivalents.	 This	 allows	 for	 a	 better	
representation	of	orographic	forcing	of	precipitation	on	the	migrating	ice	flanks	as	these	
ice-sheets	advance	and	retreat,	 an	effect	 that	 cannot	be	captured	by	 interpolating	by	
different	GCM	snapshots	alone.
	
3.3	Results	
	
3.3.1	Last	glacial	cycle	benchmark	
As	a	benchmark	experiment,	the	new	model	set-up	was	used	to	perform	a	simulation	of	
the	 last	 glacial	 cycle.	 The	 climate	 matrix	 for	 this	 experiment	 consists	 solely	 of	 the	
PI_Control	 and	 LGM	 experiments	 by	 Singarayer	 and	 Valdes	 (2010).	 Following	 the	
approach	 by	 Bintanja	 et	 al.	 (2002),	 the	 model	 was	 tuned	 by	 adjusting	 the	 ablation	
parameter	c3	in	Eq.	2.9	individually	for	all	four	ice-sheet	regions,	such	that	their	modelled	
sea-level	contribution	at	LGM	matched	the	values	postulated	by	ICE-5G	(Peltier,	2004).	
The	resulting	c3	values,	which	are	hereafter	kept	fixed,	are	shown	in	Table	3.1.	This	120	
kyr	simulation	took	about	12	hours	to	complete	on	a	single-processor	system,	meaning	
it	 is	 feasible	 to	 use	 this	 model	 set-up	 to	 perform	 ensemble	 simulations	 without	
demanding	excessive	amounts	of	computation	time.	
	
Table	3.1:	Tuned	values	of	the	ablation	parameter	c3	as	used	in	Eq.	A9.	

Region	 North	America	 Eurasia	 Greenland	 Antarctica	
c3	(m/y)	 0.14	 0.23	 0.19	 0.14	
	
	
Shown	in	Fig.	3.6	are	the	results	of	this	experiment	in	terms	of	the	global	mean	sea-level	
contributions	of	the	four	separate	ice-sheets	over	time,	as	well	as	the	total	global	mean	
sea-level,	 together	with	the	same	values	from	a	simulation	of	the	same	period	of	time	
with	the	default	ANICE	model	forced	with	the	LR04	benthic	d18O	record	using	an	inverse	
routine.	As	can	be	seen,	the	new	model	set-up	obtains	a	close	match	to	the	postulated	
ICE-5G	LGM	ice	volume	for	all	ice-sheets	except	Greenland.	The	resulting	ice-sheets	at	
LGM	are	shown	 in	Fig.	3.7.	As	can	be	seen,	 the	north-west	Canadian	corridor	 is	now	
blocked	by	ice,	which	was	still	open	in	the	default	ANICE	simulation	shown	earlier	in	Fig.	
3.4.	 Although	 the	 main	 dome	 of	 the	 ice-sheets	 is	 not	 as	 thick	 as	 in	 the	 ICE-5G	
reconstruction,	it	now	lies	more	westward	than	in	the	simulation	with	the	default	ANICE	
model,	forming	a	ridge	running	from	mid-west	Canada	to	the	eastern	shores	of	Hudson	
Bay,	which	is	in	better	agreement	with	the	reconstruction.	The	southern	margin	lies	too	
far	to	the	north,	varying	from	400	km	near	the	Atlantic	coast	to	up	to	950	km	in	the	mid-
west.	The	Antarctic	ice-sheet	now	shows	a	much	stronger	increase	in	ice	volume	around	
LGM,	matching	the	16	m	of	eustatic	sea-level	contribution	postulated	by	ICE-5G	(Peltier,	
2004).	Most	of	the	ice	mass	increase	takes	place	in	West	Antarctica	-	as	can	be	seen,	both	
the	Ross	and	Ronne	shelves	become	fully	grounded.	The	Greenland	ice-sheet	does	show	
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some	minor	growth	over	the	glacial	cycle,	though	not	as	much	as	postulated.	It	must	be	
noted	that	several	modelling	studies	of	Greenland	using	the	ANICE	model	(de	Boer	et	al.,	
2013,	2014)	have	had	trouble	in	this	regard,	mostly	because	of	the	difficulty	in	simulating	
the	ice-shelves	that	might	have	formed	around	the	continent	at	the	time	but	are	not	there	
now	(Bradley	et	al.,	2018).	
	

	
Figure	3.6:	Global	mean	sea-level	contributions	over	time	for	the	four	individual	ice-sheets,	
as	well	 as	 the	 global	 total,	 for	 the	 LGC	 benchmark	 experiment	 (green)	 and	 the	 default	
ANICE	control	run	(red),	compared	to	the	ICE-5G	sea-level	at	LGM	for	the	four	individual	
ice-sheets,	and	throughout	the	last	glacial	cycle	for	the	global	sum	(dashed	line).	

	
Figure	 3.7:	 Ice-sheets	 (white)	 and	 shelves	 (light	 blue)	 at	 LGM	 over	 A)	 the	 Northern	
Hemisphere	and	B)	Antarctica,	as	simulated	with	the	new	model	set-up.	Contour	lines	for	
the	Northern	Hemisphere	 show	 ice	 thickness,	 contour	 lines	 for	Antarctica	 show	surface	
elevation.	 Bedrock	 elevation	 where	 not	 covered	 by	 ice	 shown	 by	 colors,	 present-day	
shorelines	shown	in	blue,	ICE-5G	ice	margin	shown	in	red.	

The	 simulated	 Eurasian	 ice-sheet	 is	 now	 in	 better	 agreement	 with	 the	 consensus	
regarding	 the	Fennoscandian	dome,	as	well	as	with	 the	 total	 ice	 volume	or	 sea-level	
contribution.	When	 simulated	with	 the	 default	 ANICE	 version,	 the	main	 dome	of	 the	
Eurasian	ice-sheet	forms	over	the	Barents	Sea,	extending	eastward	to	about	70°E. The	
new	model	 set-up	results	 in	a	dome	over	Fennoscandia	and	a	 smaller	dome	over	 the	
Barents	Sea.	The	present-day	southern	North	Sea	area,	 formerly	Doggerland,	remains	
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ice-free,	 in	agreement	with	paleo	data	 (Hughes	et	al.,	2016).	Compared	 to	 the	recent	
DATED-1	reconstruction	of	the	Eurasian	ice-sheet	(Hughes	et	al.,	2016)	at	LGM	shown	in	
Fig.	3.8,	 the	modelled	ice-sheet	does	not	extend	as	 far	 south	over	northern	Germany,	
Poland	and	Lithuania.	The	simulated	Atlantic	side	of	the	ice	margin	agrees	well	with	the	
reconstruction,	reaching	the	edge	of	the	continental	shelf	everywhere.	
	

	
Figure	 3.8:	 Comparison	 of	 the	 simulated	Eurasian	 ice-sheet	 at	 LGM	with	 the	 DATED-1	
reconstruction	(Hughes	et	al.,	2016).	Contour	lines	show	ice	thickness.	The	modelled	ice-
sheet	has	a	volume	of	17	m	sea-level	equivalent,	in	agreement	with	the	17	m	of	the	ICE-5G	
reconstruction,	whereas	the	DATED-1	ice-sheet	is	equivalent	to	24	m	sea-level.	

Peltier	(2004)	provides	an	ice	volume	of	the	Eurasian	ice-sheet	of	about	17	m	sea-level	
equivalent	based	on	GPS	observations	of	isostatic	rebound,	whereas	Hughes	et	al.	(2016)	
state	 a	 volume	 of	 24	 m	 based	 on	 geomorphological	 evidence	 of	 the	 extent	 and	 a	
logarithmic	linear	regression	between	ice	sheet	area	and	volume.	By	slightly	increasing	
the	ablation	tuning	parameter,	thus	decreasing	ablation	and	increasing	ice	volume,	we	
were	able	to	produce	a	Eurasian	ice-sheet	with	a	volume	of	24	m	sea-level	equivalent	
that	matches	the	DATED-1	horizontal	extent	very	well,	as	shown	in	Fig.	3.9.	However,	we	
believe	that	a	“chain”	of	simulations	such	as	this	(an	ice-sheet	reconstruction,	forcing	a	
GCM,	forcing	an	ice-sheet	model)	should	aim	for	consistency	first,	meaning	that	the	ice-
sheet	produced	at	the	end	of	the	chain	should	match	the	one	that	was	used	as	forcing	at	
the	start	of	the	chain.	Although	there	is	more	recent,	more	extensive	data	available	for	
volume	and	extent	of	the	Eurasian	ice-sheet,	prescribing	to	the	ice-sheet	model	a	climate	
that	was	calculated	based	on	the	presence	of	a	different	ice-sheet	would	make	it	much	
more	difficult	to	determine	the	cause	of	any	model-data	mismatch	in	the	final	results.	We	
therefore	did	not	use	this	new,	probably	more	physically	realistic	Eurasian	ice-sheet	as	
our	benchmark.	
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Figure	3.9:	Comparison	of	the	larger	simulated	Eurasian	ice-sheet	at	LGM	with	the	DATED-
1	reconstruction	(Hughes	et	al.,	2016).	Contour	lines	show	ice	thickness.	The	modelled	ice-
sheet	has	a	volume	of	24	m	sea-level	equivalent,	in	agreement	with	the	DATED-1	ice-sheet.	

3.3.2	Sensitivity	to	forcing	and	model	parameters	
In	order	to	estimate	the	uncertainty	in	modelled	global	mean	sea-level	following	from	
the	uncertainty	in	the	EPICA	pCO2	record,	we	performed	simulations	with	the	forcing	
record	adjusted	to	its	respective	upper	and	lower	bounds,	based	on	an	LGM	uncertainty	
of	10	ppmv	(Lüthi	et	al.,	2008).	Additionally,	we	investigated	the	model	sensitivity	to	the	
four	 ablation	 tuning	 parameters	 c3	 for	 the	 different	 ice-sheets	 mentioned	 earlier	 by	
performing	simulations	where	these	parameters	had	been	either	increased	or	decreased	
by	10%	relative	to	their	benchmark	value.	We	also	assessed	model	sensitivity	to	the	SSA	
and	SIA	flow	enhancement	factors,	with	the	upper	and	lower	limits	determined	by	Ma	et	
al.	(2010)	in	order	to	test	the	sensitivity	to	the	ice	sheet	dynamics.	Results	from	these	
different	sensitivity	tests	are	shown	in	Fig.	3.10.	The	resulting	uncertainty	in	simulated	
LGM	ice	volume	amounts	to	about	6	m	sea-level	equivalent	in	either	direction,	about	6	
%	of	the	total	signal,	for	both	the	CO2	and	ablation	parameter	experiments.	Sensitivity	to	
the	flow	enhancement	factor	ratio	is	lower	at	about	4	%	of	the	total	signal.	
	

	
Figure	3.10:	Modelled	sea	level	contribution	over	time	for	all	four	individual	ice-sheets,	and	
the	total	sum.	The	±	2s	confidence	interval	is	shown	for	the	ensemble	of	simulations	from	
the	sensitivity	analysis	

3.3.3	Benthic	oxygen	isotope	abundance	
Included	in	ANICE	is	a	module	that	tracks	the	oxygen	isotope	abundances	of	the	ocean	
(d18Osw),	 precipitation	 and	 the	 ice-sheets.	 In	 the	 default	 ANICE	 version,	 an	 inverse	
routine	 is	used	 to	calculate	a	global	 temperature	offset	using	 the	difference	between	
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modelled	and	observed	benthic	oxygen	isotope	abundance,	implying	that	modelled	and	
observed	are	per	definition	in	agreement.	In	our	new	model	set-up,	the	isotopic	content	
of	the	ice-sheets	is	still	tracked,	but	now	the	global	mean	temperature	anomaly	from	the	
climate	matrix	 is	 used	 to	 determine	 a	 deep-water	 temperature	 anomaly	 (DTdw),	 and	
hence	 a	 modelled	 value	 for	 benthic	 d18O.	 This	 deep-water	 temperature	 anomaly	 is	
calculated	from	the	modelled	mean	annual	surface	temperature	anomaly	over	the	ocean	
following	the	approach	by	de	Boer	et	al.	(2014),	using	a	4,000-year	running	average	and	
a	scaling	factor	of	0.25.	As	opposed	to	the	approach	by	de	Boer	et	al.	(2014),	where	an	
inverse	method	was	used	to	match	modelled	benthic	d18O	to	an	externally	prescribed	
record,	modelled	d18O	can	now	be	independently	compared	to	such	a	record	in	order	to	
test	the	performance	of	the	matrix	method.	
	
We	 compared	 our	 modelled	 benthic	 oxygen	 isotope	 abundance	 and	 the	 relative	
contributions	 to	 this	 signal	 by	 sea-water	 heavy	 oxygen	 enrichment	 and	 deep-water	
temperature	 change	 to	 data	 by	 Shakun	 et	 al.	 (2015),	 who	 analysed	 49	 ODP	 drilling	
locations	 where	 both	 surface-dwelling	 planktonic	 and	 benthic	 foraminiferal	 oxygen	
isotope	abundance	data	were	available,	 thereby	allowing	 them	to	make	a	data-based	
decoupling	 of	 the	contributions	 from	 ice	 volume	and	deep-water	 temperature	 to	 the	
benthic	oxygen	isotope	signal.	This	model-data	comparison	is	shown	in	Fig.	3.11.	As	can	
be	seen,	the	results	from	the	LGM	benchmark	experiment	are	in	good	agreement	with	
the	data,	similar	to	the	default	ANICE	model.	The	drop	in	benthic	d18O	at	LGM	of	about	
1.7	‰	is	reproduced	comparably	well	by	both	the	inverse	method-forced	model	by	de	
Boer	et	al.	 (2014)	and	 the	new	matrix	method-forced	model	 set-up.	The	contribution	
from	the	change	in	deep-water	temperature	is	slightly	smaller	in	the	new	model	set-up,	
though	still	in	good	agreement	with	the	calculated	global	mean	offset	of	2	to	3	K	at	LGM.	
The	new	model	 set-up	 fails	 to	 reproduce	 the	 strong	 drop	 in	 benthic	d18O	during	 the	
inception	of	the	glacial	cycle,	“catching	up”	at	only	75	kyr.	
	

	
Figure	3.11:	A)	modelled	benthic	oxygen	isotope	abundance	from	the	default	ANICE	model	
(de	Boer	et	al.,	2014)	and	the	LGM	benchmark	experiment	compared	to	different	datasets	
(LR04,	Shakun	et	al.	 (2015).	B)	d18O	of	 seawater	due	 to	depletion	of	heavy	 isotopes.	C)	
contribution	 to	 benthic	 oxygen	 isotope	 abundance	 due	 to	 changes	 in	 deep-water	
temperature.	D)	derived	deep-water	temperature	anomaly.	

3.3.4	Ice	core	temperature	reconstructions	
Shown	in	Fig.	3.12	are	the	modelled	mean	annual	surface	temperature	anomalies	over	
the	Antarctic	and	Greenland	ice	sheets	for	the	simulation	with	the	default	ANICE	version	
and	for	the	LGC	benchmark	experiment,	compared	to	the	EPICA	Dome	C	reconstruction	
by	Jouzel	et	al.	(2007),	and	a	stack	of	the	GISP2	reconstruction	by	Alley	(2000)	and	the	
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NGRIP	reconstruction	by	Kindler	et	al.	(2014).	As	can	be	seen,	both	model	versions	agree	
well	 with	 each	 other	 and	 reasonably	 well	 with	 the	 Greenland	 isotope-based	
reconstructions	 (Alley,	 2000;	 Kindler	 et	 al.,	 2014)	 regarding	 Greenland	 surface	
temperature	anomalies.	The	Greenland	records	have	been	smoothed	with	a	4	ky	running	
mean	 to	 filter	 out	 Dansgaard-Oeschger	 events,	 which	 are	 not	 present	 in	 our	 model	
forcing	or	climate	reference	runs	and	are	also	not	included	as	feedback	mechanisms	in	
our	model	physics.	Regarding	Antarctic	surface	temperature	anomalies,	the	new	model	
set-up	agrees	particularly	well	with	the	EPICA	isotope-based	reconstruction	(Jouzel	et	
al.,	2007),	 showing	almost	no	significant	deviations	except	 for	 the	 first	20	kyr	of	 the	
inception,	where	the	model	fails	to	reproduce	the	observed	rapid	cooling.	
	

	
Figure	3.12:	Modelled	versus	reconstructed	temperature	anomaly	for	Antarctica	(EPICA	
Dome	C;	Jouzel	et	al.,	2007)	and	Greenland	(GISP2;	Alley,	2000;	NGRIP;	Kindler	et	al.,	2014).

3.4	Conclusions	
	
We	have	presented	and	evaluated	a	hybrid	ice-sheet-climate	model	set-up	that	combines	
results	 from	 pre-calculated	 GCM	 simulations	 to	 force	 an	 ice-sheet	 model.	 Using	 the	
matrix	method	 of	 GCM-ISM	 coupling,	 the	 impacts	 upon	 global	 climate	 of	 changes	 in	
atmospheric	 CO2	 concentration	 and	 global	 ice	 distribution	 are	 treated	 separately	 to	
construct	a	time-continuous	climate	forcing.	
	
As	a	benchmark	experiment,	we	used	this	new	model	set-up	to	simulate	the	entire	last	
glacial	cycle.	Computational	efficiency	is	such	that	this	simulation	could	be	performed	
within	roughly	12	hours	on	a	consumer-grade	system.	When	compared	with	the	default	
ANICE	 version	 by	 de	 Boer	 et	 al.	 (2014),	 the	 new	model	 set-up	 performed	 better	 in	
simulating	the	volumes	of	the	continental	ice-sheets	and	their	geographical	position,	and	
comparably	 well	 at	 simulating	 global	 mean	 deep-water	 temperature	 and	 isotopic	
content.	The	improved	performance	in	terms	of	geographical	position	is	likely	a	result	of	
the	improved	dynamically	driven	changes	in	precipitation	as	solved	by	the	GCM.	Niu	et	
al.	 (2017)	 showed	 that	 forcing	 the	 PISM	 ice-sheet	 model	 with	 output	 from	 several	
different	GCM	simulations	of	LGM	from	PMIP3,	all	of	which	were	prescribed	the	same	
initial	ice-sheets,	resulted	in	a	wide	range	of	ice-sheet	sizes	at	LGM	(50	to	150	m	SLE).	
This	illustrates	that,	even	though	the	ice-sheet	prescribed	to	the	GCM	leaves	a	clear	local	
“fingerprint”	in	the	resulting	climate,	especially	in	the	simulated	temperature,	this	is	by	
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no	means	a	guarantee	that	forcing	an	ice-sheet	model	with	that	climate	will	reproduce	
an	ice-sheet	that	resembles	the	ice-sheet	in	the	boundary	conditions.	
	
Modelled	temperature	anomalies	over	Greenland	and	Antarctica	agree	well	with	ice-core	
isotope-based	reconstructions.	When	accounting	for	uncertainty	in	the	applied	forcing	
and	model	parameters,	the	simulated	volume	of	the	four	major	continental	 ice-sheets	
(excluding	contributions	from	smaller	ice	caps,	glaciers,	thermal	expansion	and	ocean	
area	 changes)	 at	 LGM	 amounted	 to	 97	 ±	 11	 m	 sea-level	 equivalent	 (±	 2s	 from	 the	
ensemble	of	simulations	from	the	sensitivity	analysis).		
	
During	the	first	20	kyr	of	the	inception,	the	model	fails	to	reproduce	the	rapid	drop	in	
temperature	and	increase	in	ice	volume	visible	in	both	benthic	oxygen	isotope	records	
and	 ice-core	 isotope-based	 temperature	 reconstructions,	 implying	 that	 pCO2	 forcing	
alone	is	not	sufficient	to	explain	these	observations	without	including	some	additional	
non-linear	feedback	processes.	This	is	in	line	with	results	from	other	studies;	studies	like	
van	de	Wal	et	al.	 (2011)	and	de	Boer	et	al.	 (2014)	were	able	 to	 reproduce	 the	rapid	
cooling	 by	 using	 a	 forcing,	 such	 as	 a	 benthic	 oxygen	 isotope	 stack,	 that	 already	
incorporated	 the	rapid	decrease	during	 the	 initial	phase	of	 the	glacial	 cycle,	whereas	
Bintanja	and	van	de	Wal	(2008)	and	Niu	et	al.	(2017)	were	unable	to	reproduce	the	rapid	
ice	growth	with	pCO2	forcing	alone.	
	
The	effects	of	a	growing	ice-sheet	on	local	and	regional	temperature	are	accounted	for	in	
the	model	through	the	resulting	changes	in	albedo,	but	non-linear	and	non-local	effects	
remain	difficult	to	capture.	Abe-Ouchi	et	al.	(2013)	constructed	a	model	set-up	similar	to	
the	matrix	method	presented	here,	but	with	more	dimensions	and	corresponding	GCM	
snapshots	added	to	the	matrix	to	decouple	the	different	processes	affecting	temperature	
more	explicitly:	pCO2,	albedo,	altitude	and	atmospheric	stationary	waves.	Although	their	
modelled	ice-sheets	at	LGM	do	not	match	geomorphological	reconstructions	as	well	as	
the	results	presented	here,	they	do	report	a	stronger	increase	in	ice	volume	during	the	
inception.	 Expanding	 our	 climate	 matrix	 along	 the	 lines	 of	 their	 approach	 to	 more	
accurately	describe	the	interplay	between	ice	and	climate	for	smaller	ice-sheets	could	
therefore	potentially	solve	some	of	the	repeatedly	observed	discrepancy	between	sea-
level	 records	 and	 benthic	 d18O	 records	 on	 the	 one	 hand,	 and	 pCO2	 and	 temperature	
records	on	the	other	hand.		
Other	processes	not	accounted	for	in	the	albedo-based	parameterisation	of	our	climate	
matrix	include	glacial-interglacial	changes	in	sea	ice	cover	and	changes	in	land	albedo	
caused	by	changing	vegetation.	Including	these	feedback	processes	in	the	model	could	
improve	model	performance	in	terms	of	the	quantitative	relation	between	pCO2	and	ice	
volume.	
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In	 order	 to	 investigate	 the	 relation	 between	 ice	 sheets	 and	 climate	 in	 a	 warmer-than-
present	world,	recent	research	has	focussed	on	the	Late	Pliocene,	3.6	to	2.58	million	years	
ago.	It	is	the	most	recent	period	in	Earth	history	when	such	a	warm	climate	state	existed	
for	a	significant	duration	of	time.	Marine	Isotope	Stage	(MIS)	M2	(~3.3	Myr	ago)	is	a	strong	
positive	 excursion	 in	 benthic	 oxygen	 records	 in	 the	middle	 of	 the	 otherwise	 warm	 and	
relatively	 stable	 Late	 Pliocene.	 However,	 the	 relative	 contributions	 to	 the	 benthic	 d18O	
signal	from	deep-ocean	cooling	and	growing	ice	sheets	are	still	uncertain.	Here,	we	present	
results	 from	 simulations	 of	 the	 late	 Pliocene	 with	 a	 hybrid	 ice-sheet—climate	 model,	
showing	 a	 reconstruction	 of	 ice	 sheet	 geometry,	 sea-level	 and	 atmospheric	 CO2.	 Initial	
experiments	simulating	the	last	four	glacial	cycles	 indicate	that	this	model	yields	results	
which	are	in	good	agreement	with	proxy	records	in	terms	of	global	mean	sea	level,	benthic	
oxygen	 isotope	 abundance,	 ice	 core-derived	 surface	 temperature	 and	 atmospheric	 CO2	
concentration.	For	the	Late	Pliocene,	our	results	show	an	atmospheric	CO2	concentration	
during	MIS	M2	of	233	–	249	ppmv,	and	a	drop	 in	global	mean	 sea	 level	of	10	 to	25	m.	
Uncertainties	are	larger	during	the	warmer	periods	leading	up	to	and	following	MIS	M2.	
CO2	concentrations	during	the	warm	intervals	in	the	Pliocene,	with	sea-level	high	stands	of	
8	–	14	m	above	present-day,	varied	between	320	and	400	ppmv,	lower	than	indicated	by	
some	proxy	records	but	in	line	with	earlier	model	reconstructions.
	
4.1	Introduction	
	
One	of	the	major	long-term	challenges	posed	by	anthropogenic	climate	change	is	sea-
level	rise	due	to	the	large-scale	retreat	of	the	Greenland	and	Antarctic	 ice-sheets	(e.g.	
Church	et	al.,	2013).	However,	projecting	the	magnitude	and	especially	the	rate	of	such	
a	retreat	is	limited	by	our	understanding	of	the	interactions	between	global	climate	and	
the	cryosphere	on	centennial	 to	multi-millennial	 time-scales,	 especially	 in	a	warmer-
than-present	 climate.	 In	 order	 to	 gain	 more	 insight	 into	 the	 behaviour	 of	 the	 Earth	
system	in	such	a	warmer	world,	numerous	recent	studies	(Bachem	et	al.,	2017;	Bragg	et	
al.,	 2012;	Burke	 et	al.,	 2018;	 de	Boer	 et	al.,	 2015,	 2017;	Dolan	 et	 al.,	 2011,	 2015;	 de	
Schepper	et	al.,	2014;	Dowsett	et	al.,	2016;	Dwyer	and	Chandler,	2009;	Haywood	et	al.,	
2010,	2011,	2013a,	2013b;	Hill,	2015;	Lunt	et	al.,	2009,	2010,	2012;	McKay	et	al.,	2012;	
Miller	et	al.,	2012;	Naish	et	al.,	2009;	Naish	and	Wilson,	2009;	Prescott	et	al.,	2014;	Sohl	
et	al.,	2009;	Swann	et	al.,	2018;	Tan	et	al.,	2017)	have	focussed	on	the	Late	Pliocene,	3.6	
to	2.58	million	years	ago,	since	it	is	the	most	recent	period	in	Earth	history	with	average	
global	temperatures	staying	warmer	than	present-day	for	a	significant	 length	of	time.	
Many	of	these	studies,	particularly	those	carried	out	as	part	of	the	Pliocene	Modelling	
Intercomparison	 Project	 (PlioMIP;	 Haywood	 et	 al.,	 2010,	 2011),	 focus	 on	 the	 Mid-
Pliocene	 Warm	 Period	 (MPWP),	 3.29	 –	 2.97	 Myr	 ago.	 This	 time	 slab	 represents	 a	
relatively	 stable	 period	 in	 Earth’s	 climate	 history	 with	 warmer-than-present	 global	
temperatures,	lasting	longer	than	any	of	the	Quaternary	interglacials.	Since	it	occurred	
much	more	recently	than	other	warm	periods,	the	difference	in	continental	configuration	
with	 the	 present	 is	 relatively	 small.	Modelling	 studies	generally	 show	a	 global	mean	
annual	surface	temperature	that	was	more	than	3	°C	warmer	than	the	present	day	(Bragg	
et	al.,	2012;	Burke	et	al.,	2018;	Haywood	et	al.,	2013a,	2013b;	Lunt	et	al.,	2010,	2012).	
Sea	 surface	 temperatures	were	warmer	 as	well,	with	 a	 strongly	 reduced	meridional	
gradient	 leading	to	a	slight	warming	in	the	tropics	and	a	strong	warming	in	the	polar	
regions	 (Bachem	et	al.,	2017;	Csank	et	al.,	2011a,	2011b;	Dowsett	et	al.,	2009;	2013;	
2016;	Fletcher	et	al.,	2017;	Hill,	2015;	Masson-Delmotte	et	al.,	2006;	Salzmann	et	al.,	
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2013).	Sea-level	estimates	range	between	10	and	30	meters	above	present-day	values	
(de	Boer	et	al.,	2017;	Dolan	et	al.,	2011;	Dowsett	et	al.,	2016;	Dwyer	and	Chandler,	2009;	
Miller	et	al.,	2011,	2012),	caused	by	the	almost	complete	deglaciation	of	Greenland	and	
West	Antarctica.	Estimates	of	atmospheric	CO2	concentrations	during	this	period	vary	
between	250	and	450	ppmv	(Badger	et	al.,	2013;	Bartoli	et	al,	2011;	Martínez-Botí	et	al.,	
2015;	Seki	et	al.,	2010;	Stap	et	al.,	2016;	Zhang	et	al.,	2013).	
	
However,	global	climate	during	both	the	Pliocene	in	general	and	the	MPWP	in	particular	
showed	significant	variability.	In	order	to	describe	a	more	general	“warm	Earth”	state,	
the	MPWP	is	therefore	treated	in	PlioMIP	as	an	average	of	several	different	warm	peaks	
that	may	 or	may	not	 have	 occurred	 synchronously	 around	 the	 globe	 (Dowsett	 et	al.,	
2016;	Haywood	et	al.,	2010,	2011).	Both	directly	before	the	beginning	of,	and	relatively	
shortly	after	the	end	of	the	MPWP,	proxy	records	indicate	that	the	Earth	experienced	
periods	that	were	apparently	colder	than	present-day,	though	neither	as	cold	nor	as	long	
in	duration	as	typical	Late	Pleistocene	glaciations.	
	

	
Figure	4.1:	Benthic	d18O	(LR04;	Lisiecki	and	Raymo,	2005),	65°N	summer	insolation	(Laskar	
et	al.,	2004)	and	reconstructed	atmospheric	pCO2	from	d18O-based	model	reconstructions	
(van	de	Wal	et	al.,	2011;	Stap	et	al.,	2016)	and	proxy	data	based	on	alkenones	(Seki	et	al.,	
2010;	Badger	et	al.,	2013;	Zhang	et	al.,	2013)	and	11B	ratios	(Seki	et	al.,	2010;	Bartoli	et	al.,	
2011;	Martínez-Botí	et	al.,	2015;	Stap	et	al.,	2016)	for	the	late	Pliocene.	Present-day	values	
for	all	variables	are	indicated	by	horizontal	dashed	lines,	MIS	M2	and	KM5c	are	indicated	
by	vertical	dashed	lines.	

Of	particular	 interest	 is	 the	cold	excursion	 that	occurred	3.3	Myr	ago,	during	Marine	
Isotope	Stage	(MIS)	M2,	shown	in	Fig.	4.1.	During	the	40,000	years	following	the	warm	
peak	 of	 MIS	 MG1	 (3.315	 Myr	 ago),	 benthic	 d18O	 (LR04;	 Lisiecki	 and	 Raymo,	 2005)	
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increased	 by	 about	 0.5	‰	 and	 subsequently	 recovered,	 suggesting	 either	 a	 global	
cooling,	an	 increase	 in	ice	volume	on	 the	Northern	and/or	Southern	Hemispheres,	or	
both.	Sea-level	records	(Dwyer	and	Chandler,	2009;	65	±	25	m;	Naish	and	Wilson,	2009;	
38	m;	Miller	et	al.,	2011;	34	±	10	m;	Miller	et	al,	2012;	10	±	10	m),	as	well	as	evidence	of	
glacial	till	(Gao	et	al.,	2012;	de	Schepper	et	al.,	2014)	and	ice-rafted	debris	(de	Schepper	
et	al.,	2014;	Bachem	et	al.,	2017;	Smith	et	al.,	2018)	support	the	hypothesis	of	at	least	a	
partial	Northern	Hemisphere	glaciation.	De	Schepper	et	al.	(2014)	and	Dolan	et	al.	(2015)	
provide	detailed	overviews	of	available	evidence	for	glaciation	during	the	Pliocene	in	
general	and	MIS	M2	in	particular.	However,	because	most	geological	 fingerprints	that	
would	have	been	left	by	Pliocene	ice-sheets	and	glaciers	would	have	been	overridden	or	
eroded	by	waxing	and	waning	 of	 the	much	 larger	 Pleistocene	 ice-sheets,	 evidence	 is	
limited	to	mostly	the	presence	or	absence	of	ice,	providing	only	sparse	information	on	
geographical	location	and	little	to	none	on	the	volumes	of	these	ice	sheets.	
	
Dolan	et	al.	(2015)	studied	MIS	M2	from	a	climatological	rather	than	a	glaciological	point	
of	view.	Using	the	HadCM3	general	circulation	model	(GCM;	Gordon	et	al.,	2000;	Valdes	
et	al.,	2017;	see	Sect.	4.2.1),	they	performed	an	ensemble	of	simulations	of	global	climate	
during	 MIS	 M2	 for	 different	 postulated	 and	 fixed	 ice-sheet	 configurations	 and	
atmospheric	 CO2	 concentrations.	 By	 comparing	 the	 results	 from	 these	 different	
equilibrium	 simulations	 to	 a	 wide	 range	 of	 available	 climatological	 proxies,	 they	
attempted	to	constrain	MIS	M2	ice	volume	estimates	through	the	impact	such	ice-sheets	
would	 have	 on	 the	climate.	However,	 the	available	 proxy	 records	 from	 this	 era	 have	
relatively	large	uncertainties,	and	where	information	is	available,	it	remains	difficult	to	
use	this	to	draw	sound	conclusions	about	Northern	Hemisphere	ice	sheet	extent.	They	
therefore	concluded	that	available	evidence	from	climatological	proxies	was	unable	to	
constrain	ice	volume	any	further.	
	
In	 this	 study,	 we	 adopt	 a	 different	 approach,	 combining	 both	 the	 glaciological	 and	
climatological	 viewpoints.	 In	 a	 recent	 study,	 Berends	 et	 al.	 (2018)	 presented	 and	
evaluated	a	hybrid	GCM	–	 ice-sheet	model,	where	 they	proposed	a	matrix	method	of	
model	coupling	(see	Sect.	2.3)	to	force	the	ANICE	ice-sheet	model	(Bintanja	and	Van	de	
Wal,	2008;	de	Boer	et	al.,	2013,	2014,	2017)	with	output	from	the	HadCM3	GCM.	By	using	
output	 from	a	 simulation	with	HadCM3	of	 the	 last	 glacial	maximum	 (Singarayer	and	
Valdes,	2010)	they	were	able	to	simultaneously	simulate	the	evolution	of	the	ice	sheets	
on	North	America,	Eurasia,	Greenland	and	Antarctica	throughout	the	last	glacial	cycle	
and	their	contributions	to	global	mean	sea	level	and	benthic	d18O.	They	showed	that	their	
results	 matched	 proxy-based	 reconstructions	 for	 ice-sheet	 volume,	 ice	 surface	
temperature,	 sea-water	 	d18O,	 deep-water	 temperature	and	benthic	d18O.	This	matrix	
method	is	here	applied	to	the	late	Pliocene	by	using	HadCM3	results	from	Dolan	et	al.	
(2015).	 The	 hybrid	 GCM	 –	 ice-sheet	 model	 presented	 by	 Berends	 et	 al.	 (2018)	 is	
computationally	efficient	enough	to	make	large	ensemble	simulations	feasible,	opening	
up	the	opportunity	to	study	the	effects	of	changes	in	paleotopography,	pCO2	and	other	
climatological	conditions,	as	well	as	the	sensitivity	to	ice-sheet	model	parameters.	
	
However,	a	high-resolution,	time-continuous	pCO2	record	needed	to	force	the	model	is	
not	available	for	this	period.	We	resolve	this	by	using	the	inverse	modelling	approach	
that	was	also	used	by	Bintanja	and	van	de	Wal	(2008),	de	Boer	et	al.	(2013;	2014)	and	
Stap	et	al.	(2016).	In	this	approach	we	compare	modelled	benthic	d18O	to	the	LR04	stack	
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(Lisiecki	and	Raymo,	2005)	and	calculate	pCO2	based	on	the	difference	between	the	two	
(see	Sect.	2.4).	This	makes	our	model	set-up	conceptually	very	similar	to	the	approach	
by	Stap	et	al.	(2016),	who	also	used	the	LR04	stack	of	d18O	to	force	a	coupled	ice-sheet	-	
climate	model	and	thus	produce	a	pCO2	reconstruction.	However,	they	used	a	relatively	
simple	 zonally	 averaged	 energy-balance	 climate	 model	 coupled	 to	 a	 1-D	 ice	 model,	
whereas	we	use	GCM	output	to	drive	3-D	ice-sheet	models,	making	our	approach	more	
detailed	in	terms	of	the	behaviour	of	global	climate,	the	ice-sheets	and	the	interactions	
between	the	two,	at	the	expense	of	computational	requirements.	The	CO2	and	climate	
reconstructions	by	van	de	Wal	et	al.	(2011),	Stap	et	al.	(2016)	and	the	one	presented	here	
can	be	viewed	as	proxy-based	reconstructions,	based	on	the	concept	that	benthic	d18O	is	
a	proxy	for	changes	in	ocean	temperature	and	land	ice	volume.	All	three	studies	use	a	
climate	model	describing	the	known	relations	between	pCO2	and	temperature	and	ice	
volume,	 in	 order	 to	 determine	 how	 pCO2	must	 have	 evolved	 in	 the	 past	 in	 order	 to	
produce	the	observed	benthic	d18O	signal.
	
4.2	Methodology	
	
4.2.1	Climate	model	
HadCM3	is	a	coupled	atmosphere-ocean	general	circulation	model	(Gordon	et	al.,	2000;	
Valdes	et	al.,	2017).	It	accurately	reproduces	the	heat	budget	of	the	present-day	climate	
(Gordon	et	al.,	2000)	and	has	been	used	for	future	climate	projections	in	the	IPCC	AR4	
(e.g.	Solomon	et	al.,	2007),	and	paleoclimate	reconstructions	such	as	PMIP2	(Braconnot	
et	al.,	2007)	and	PlioMIP	(Haywood	and	Valdes,	2003;	Dolan	et	al.,	2011,	2015;	Haywood	
et	al.,	2013).	The	atmosphere	module	of	HadCM3	has	a	resolution	of	2.5	°	latitude	by	3.75	
°	longitude.	The	ocean	is	modelled	at	a	horizontal	resolution	of	1.25	°	by	1.25	°,	with	20	
vertical	layers.	In	the	model	set-up	by	Berends	et	al.	(2018),	the	climate	matrix	consists	
of	two	GCM	snapshots,	of	respectively	the	pre-industrial	period	(PI)	and	the	last	glacial	
maximum	(LGM),	produced	by	Singarayer	and	Valdes	(2010)	with	HadCM3.	Here,	we	
include	several	additional	snapshots	focussing	specifically	on	the	Pliocene.	
	
4.2.2	Ice-sheet	model	
To	simulate	the	evolution	of	the	ice	sheets	we	use	ANICE,	a	coupled	3-D	ice-sheet-shelf	
model	described	in	detail	in	Sect.	2.	Brielfy,	it	combines	the	shallow	shelf	approximation	
(SSA;	Morland,	1987)	for	floating	ice	shelves	with	the	shallow	ice	approximation	(SIA;	
Morland	and	Johnson,	1980)	for	grounded	ice	to	solve	the	ice	flow.	The	surface	mass	
balance	is	calculated	using	an	insolation-temperature	scheme.	The	prescribed	climate	is	
determined	using	a	version	of	the	matrix	method	presented	in	Chapter	3,	which	we	shall	
here	extend	with	several	new	GCM	snapshots.	The	sea-level	equation	solver	SELEN	was	
not	used	for	this	study.	
	
4.2.3	Matrix	method	
Using	the	definition	by	Pollard	(2010),	a	climate	matrix	is	a	collection	of	pre-calculated	
output	data	from	several	steady-state	GCM	simulations,	called	“snapshots”,	that	differ	
from	each	other	in	one	or	more	key	parameters,	such	as	prescribed	atmospheric	pCO2,	
orbital	configuration	or	ice-sheet	configuration,	each	creating	a	separate	dimension	of	
the	matrix.	When	performing	a	simulation	with	an	ice-sheet	model,	at	every	point	in	time	
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during	 the	simulation	 the	prescribed	climate	 forcing	 is	determined	by	combining	 the	
climate	states	constituting	the	matrix	according	to	the	position	of	the	model	state	within	
the	matrix.	This	constitutes	a	middle	ground	between	methods	of	offline	forcing,	such	as	
a	glacial	index	method,	and	fully	coupled	ice-sheet	–	climate	models.	When	the	ice-sheet	
model	 is	 in	a	 state	corresponding	 to	one	of	 the	GCM	snapshots,	 the	climate	 from	this	
snapshot	 will	 be	 prescribed,	 containing	 the	 effects	 of	 the	 altitude-temperature	 and	
albedo-temperature	feedbacks	of	the	ice-sheets,	the	effect	of	ice	sheet	geometry	on	large-
scale	atmospheric	circulation	and	precipitation,	and	possibly	also	the	effects	of	changed	
freshwater	fluxed	on	ocean	circulation,	depending	on	the	GCM.	When	the	ice-sheet	model	
is	 in	 a	 state	 lying	 in	 between	 different	 GCM	 snapshots,	 the	 prescribed	 climate	 is	 a	
spatially	variable	linear	interpolation	of	these	snapshots.	This	means	that	non-linearities	
in	different	feedback	processes,	such	as	the	effects	of	ice-sheet	geometry	on	atmospheric	
circulation	and	precipitation,	are	difficult	to	properly	account	for.	
	
In	this	study,	we	use	the	model	set-up	developed	by	Berends	et	al.	(2018),	who	created	
a	 matrix	 with	 the	 HadCM3	 climate	 states	 of	 the	 pre-industrial	 and	 the	 last	 glacial	
maximum	from	Singarayer	and	Valdes	(2010)	and	used	it	to	force	the	ANICE	ice-sheet	
model.	In	this	set-up,	temperature	fields	from	the	two	climate	states	are	combined	based	
on	 a	 prescribed	 value	 for	 pCO2	 and	 on	 the	 internally	 modelled	 ice-sheets,	 with	 the	
feedback	of	 the	 ice	 sheets	on	 the	climate	based	via	 the	effect	on	absorbed	 insolation	
through	changes	in	surface	albedo.	This	interpolation	is	carried	out	separately	for	all	four	
ice	sheets.	The	altitude-temperature	feedback	is	parameterised	by	a	constant	lapse-rate	
derived	from	the	GCM	snapshots.	Precipitation	fields	are	combined	based	on	changes	in	
surface	elevation,	reflecting	the	orographic	forcing	of	precipitation	and	resulting	plateau	
desert	caused	by	the	presence	of	a	large	ice-sheet.	Berends	et	al.	(2018)	demonstrated	
the	viability	of	this	method	by	simulating	the	evolution	of	the	North	American,	Eurasian,	
Greenland	and	Antarctic	ice-sheets	throughout	the	entire	last	glacial	cycle,	showing	that	
model	 results	 agree	 well	 with	 available	 data	 in	 terms	 of	 ice-sheet	 extent,	 sea-level	
contribution,	ice-sheet	surface	temperature	and	contribution	to	benthic	d18O.	
	
In	this	study,	we	extended	the	PI-LGM	climate	matrix	by	adding	several	climate	states	
from	the	study	by	Dolan	et	al.	(2015).	The	four	different	ice	sheet	configurations	they	
used	 are	 shown	 in	 Fig.	 4.2.	 The	 “PRISM”	 ice	 sheets	 are	 based	 on	 the	 PRISM3	
reconstruction	 (Dowsett	et	al.,	 2010),	which	 is	a	 time-slab	 representation	 of	average	
peak	 warm	 conditions	 during	 the	 MPWP.	 The	 “Small”	 ice	 sheets	 are	 present-day	
conditions.	 The	 “Medium”	 and	 “Large”	 ice	 sheets	 were	 based	 on	 the	 ICE-5G	
reconstruction	 of	 the	 last	 deglaciation	 (Peltier,	 2004)	 at	 8	 ky	 ago	 and	 11	 ky	 ago,	
respectively.	 Each	 of	 these	 configurations	was	 used	 as	 boundary	 conditions	 for	 two	
simulations	with	HadCM3:	one	with	280	ppmv	and	one	with	220	ppmv	pCO2,	both	with	
3.3	My	orbital	parameters.	This	adds	up	to	eight	different	snapshots,	plus	one	additional	
“Plio_Control”	 simulation	 with	 the	 PRISM3	 ice	 sheet	 configuration	 and	 orbital	
parameters,	and	405	ppmv	pCO2.	These	simulations	allow	the	climate	matrix	to	separate	
effects	 on	 climate	 by	 pCO2	and	 ice-sheet	extent	and	provide	 valuable	 information	 on	
climates	that	are	both	warmer	and	colder	than	present-day.	Although	the	new	climate	
matrix	 is	 relatively	 sparse	 for	 warmer-than-present	 worlds,	 containing	 only	 one	
snapshot	(Plio_Control)	for	pCO2	>	280	ppmv,	and	only	three	snapshots	for	smaller-than-
present	 ice	 sheets	 (Plio_Control,	 PRISM_280	 and	 PRISM_220),	 we	 believe	 it	 is	 still	
suitable	for	simulating	the	warm	Pliocene.	The	matrix	used	by	Berends	et	al.	(2018)	to	
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simulate	 the	 last	 glacial	 cycle	 only	 contained	 two	 GCM	 snapshots	 in	 total,	 and	 still	
produced	satisfactory	results.	

	
Figure	 4.2:	 The	 four	 ice-sheet	 configurations	 used	 by	 Dolan	 et	 al.	 (2015)	 as	 boundary	
conditions	for	their	HadCM3	simulations.	“PRISM”	is	the	PRISM3	ice	sheet	from	Dowsett	et	
al.	(2010),	“Small”	is	present	day,	“Medium”	is	the	ICE-5G	reconstruction	(Peltier,	2004)	at	
8	ky	ago	and	“Large”	is	ICE-5G	at	11	ky	ago.	

This	extended	matrix	therefore	allows	for	a	more	accurate	simulation	of	both	the	warm	
Late	 Pliocene	 and	 the	 cold	 MIS	 M2	 glaciation.	 For	 the	 North	 America	 and	 Eurasia	
modules	of	ANICE,	we	added	the	simulations	of	the	Medium	and	Large	ice-sheets	(both	
the	280	and	220	ppmv	pCO2	versions)	by	Dolan	et	al.	(2015),	since	those	provide	extra	
information	 on	 the	 effect	 on	 climate	 of	 intermediate-sized	 ice-sheets,	 as	well	 as	 the	
Plio_Control	simulation	for	its	information	on	pCO2	levels	above	280	ppmv.	In	the	case	
of	North	America	and	Eurasia,	we	did	not	use	the	Small	and	PRISM	states	as	there	is	no	
ice	on	either	continent,	meaning	these	simulations	contain	no	additional	constraints	for	
these	ice-sheet	models.	For	the	Greenland	and	Antarctica	models,	we	chose	to	only	add	
the	simulations	of	the	two	PRISM	states	and	the	Plio_Control	simulation,	because	they	
provide	new	information	on	the	effect	on	climate	of	smaller-than-present-day	ice-sheets.	
The	Medium	and	Large	simulations	were	left	out	of	the	matrix	because	the	ICE-5G	ice-
sheets	(Peltier,	2004)	that	were	used	to	force	those	HadCM3	simulations	have	the	exact	
same	horizontal	extent	as	the	ICE-5G	LGM	ice-sheets.	Not	only	does	this	make	it	difficult	
to	distinguish	between	these	states	in	the	interpolation	routines,	it	also	means	the	effect	
on	local	climate,	other	than	through	the	altitude-temperature	feedback,	is	likely	to	have	
been	small.	
	
4.2.4	Inverse	method	
The	inverse	forward	modelling	approach	used	to	determine	pCO2	based	on	the	difference	
between	modelled	and	observed	benthic	d18O	is	very	similar	to	that	described	in	Sect.	
2.6.	Briefly,	it	calculates	how	the	global	climate,	described	by	a	single,	spatially	uniform	
temperature	 offset	 D𝑇,	 should	 have	 evolved,	 such	 that	 its	 effect	 on	 deep	 ocean	
temperature	and	land	ice	volume	reproduces	the	observed	benthic	d18O	signal.	
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Since	the	climate	matrix	used	in	our	model	determines	the	regional	climate	based	on	the	
modelled	 ice	 sheet	 and	 the	 scalar	 atmospheric	 CO2	 concentration,	 we	 adapted	 this	
approach	for	our	model	set-up	by	using	the	difference	between	modelled	and	observed	
d18O	to	calculate	a	value	for	pCO2,	which	is	subsequently	forwarded	to	the	climate	matrix.	
That	way,	our	model	 reconstructs	how	pCO2	should	have	evolved	 in	order	 to	change	
global	climate	in	such	a	way	that	the	resulting	changes	in	deep	ocean	temperature	and	
land	 ice	 volume	 reproduce	 the	 observed	 benthic	 d18O	 signal.	 The	 algorithm	 then	
becomes:		
	
	 𝑝𝐶𝑂0 = 	𝑝𝐶𝑂0ÀÀÀÀÀÀÀ + 120 nd5Á𝑂«l® − d5Á𝑂lUz(𝑡 + 0.1	𝑘𝑦)p.	 (4.1)	

	
As	the	constrained	quantity	is	the	change	in	pCO2,	the	scaling	factor	changes	to	120	ppmv	
/	per	mill	d18O	change	in	order	to	produce	a	glacial	interglacial	contrast	of	90	ppmv	pCO2.	
Based	on	the	results	of	preliminary	experiments,	the	length	of	the	CO2	averaging	time	
window	was	 increased	 to	 8.5	 kyr,	 in	 line	with	 the	 higher	 values	 given	 by	 Stap	 et	 al.	
(2016).	 For	 forcing	 the	 inverse	 routine,	 the	 LR04	 stack	 was	 used.	 Although	 a	 few	
different	globally	distributed	stacks	are	available	(e.g.	Imbrie	et	al.,	1984;	Lisiecki	and	
Raymo,	2005;	Zachos	et	al.,	2001,	2008;	Cramer	et	al.,	2009),	the	differences	among	them	
are	small	for	the	late	Pliocene	and	the	Pleistocene.	In	order	to	maintain	consistency	with	
earlier	reconstructions	based	on	inverse	modelling	methods	(de	Boer	et	al.,	2013;	Stap	
et	al.,	2016;	van	de	Wal	et	al.,	2011)	we	decided	to	use	the	LR04	stack.	
	
A	conceptual	visualisation	of	the	inverse-method	forced	matrix	model	is	shown	in	Fig.	
4.3.	
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Figure	 4.3:	 A	 conceptual	 visualisation	 of	 the	 inverse	 forward	modelling	 approach.	 The	
model	is	forced	externally	by	a	benthic	d18O	record	and	an	insolation	reconstruction	(black	
boxes).	The	inverse	routine	calculates	pCO2	based	on	the	difference	between	observed	and	
modelled	d18O.	This	value	is	forwarded	to	the	climate	matrix,	which	interpolates	between	
the	 GCM	 snapshots	 based	 on	 the	 prescribed	 pCO2	 value	 and	 the	modelled	 state	 of	 the	
cryosphere	(ice	thickness	and	albedo).	

4.2.5	Paleotopography	reconstruction	
Several	 recent	 studies	 have	 investigated	 the	 evolution	 of	 bedrock	 topography	 in	 the	
geological	past.	Although	ANICE	does	include	a	regional	solid	Earth	model	to	calculate	
vertical	bedrock	movement	in	response	to	changes	in	ice	distribution,	other	processes	
such	as	erosion	and	plate	tectonics	are	currently	not	accounted	for	within	the	model,	and	
require	external	forcing.	For	the	last	glacial	cycle	benchmark	simulation,	such	effects	are	
assumed	to	be	negligibly	small,	but	this	assumption	might	no	longer	be	valid	when	going	
millions	of	years	back	in	time.	
	
In	our	study,	we	use	the	paleotopography	reconstruction	of	the	Barents	Sea	area	by	Butt	
et	al.	(2002),	shown	in	Fig.	4.4,	based	on	a	reversal	of	the	erosion	of	sediments	by	the	
Pleistocene	 ice-sheets.	 In	 order	 to	 investigate	 the	 effect	 on	 atmospheric	 and	 oceanic	
circulation,	Hill	(2015)	used	HadCM3	to	perform	simulations	both	with	this	topography	
reconstruction	and	with	present-day	topography,	both	at	405	and	220	ppmv	pCO2.	
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Figure	4.4:	Topography	change	relative	to	present-day	for	the	reconstruction	created	by	
Butt	et	al.	(2002)	and	used	by	Hill	(2015).	

By	 subtracting	 the	 calculated	 climate	 fields	 (temperature	 and	 precipitation)	 for	 the	
paleotopography	simulation	from	the	present-day	topography	simulation,	and	adding	
the	resulting	“fingerprint”	to	the	climate	fields	generated	by	our	climate	matrix,	we	take	
into	account	the	effect	of	this	change	in	topography	(and	the	accompanying	change	in	
the	land/ocean	mask)	on	the	global	climate.	
Preliminary	 experiments	 showed	 that	 forcing	 the	 ice-sheet	 model	 with	 the	
paleotopography	reconstruction	without	applying	this	climate	“fingerprint”	resulted	in	
the	persistent	presence	of	a	small	(~5	m	sea-level	equivalent)	ice-sheet	over	the	newly	
exposed	Barents	 Land.	The	 climate	 fingerprint	 obtained	 from	 the	 simulations	 by	Hill	
(2015)	changes	the	local	climate	from	an	oceanic	to	a	continental	climate,	with	colder,	
dryer	winters	and	warmer,	wetter	 summers,	 resulting	 in	more	 summer	melt	 and	 an	
overall	more	negative	mass	balance,	implying	less	ice.	
Although	other	areas	of	the	world	might	have	been	eroded	by	ice	sheets	(i.e.	the	Canadian	
Archipelago,	 Dowsett	 et	 al.,	 2016;	 Antarctica,	 Wilson	 and	 Luyendyk,	 2009),	 no	 GCM	
simulations	 investigating	 the	 effect	 on	 global	 climate	 of	 reversing	 those	 changes	 are	
currently	available.	We	have	therefore	chosen	not	to	apply	any	of	these	other	topography	
reconstructions	to	our	model.
	
4.3	Results		
	
4.3.1	Last	glacial	cycle	benchmark	
In	order	to	assess	the	performance	of	the	model	when	calculating	pCO2	with	the	inverse	
routine	instead	of	prescribing	it	directly	from	an	ice	core	record,	we	first	performed	a	
simulation	of	the	last	four	glacial	cycles,	similar	to	the	work	by	Berends	et	al.	(2018).	The	
model	was	calibrated	by	tuning	the	ablation	parameter	for	the	four	individual	ice-sheets	
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such	that	their	volumes	at	LGM	match	the	ICE-5G	reconstruction.	We	then	performed	a	
sensitivity	 analysis	 similar	 to	 the	 experiment	 described	 by	 Berends	 et	 al.	 (2018),	
investigating	 the	 sensitivity	 of	 the	 modelled	 sea-level	 drop	 and	 benthic	 d18O	 to	 the	
uncertainty	 in	 the	 prescribed	 forcing	 (range	 based	 on	 the	 uncertainty	 reported	 by	
Lisiecki	and	Raymo,	2005),	the	ablation	tuning	parameter	(range	based	on	the	allowed	
values	found	by	Berends	et	al.,	2018)	and	SIA/SSA	enhancement	factors	(increasing	the	
ice	 velocities	 calculated	 for	 isotropic	 ice	 to	 more	 closely	 match	 those	 calculated	 for	
anisotropic	 ice	 according	 to	 the	 approach	 by	Ma	 et	 al.	 (2010);	 ranges	 based	 on	 the	
allowed	values	reported	by	Ma	et	al.,	2010),	as	well	as	several	new	model	parameters	
involved	in	the	inverse	forcing	method:	the	averaging	time	for	the	modelled	pCO2	(range	
based	on	the	values	reported	by	de	Boer	et	al.	(2013)	and	Stap	et	al.	(2016)),	the	ratio	
between	surface	temperature	anomaly	and	deep-sea	water	temperature	anomaly	and	
the	tuning	parameter	relating	pCO2	to	the	difference	between	observed	and	modelled	
d18O	(ranges	based	on	the	values	reported	by	de	Boer	et	al.	(2010)	and	Bintanja	and	van	
de	Wal	(2008)),	resulting	in	17	individual	simulations.	The	values	that	were	used	for	all	
these	 parameters	 are	 listed	 in	 Table	 4.1.	 The	 17	 ensemble	 members	 thus	 yield	 an	
estimate	of	the	uncertainty	related	to	both	model	parameters	and	forcing.	
	
The	simulated	pCO2	record	is	compared	to	the	EPICA	Dome	C	ice	core	record	(Lüthi	et	
al.,	2008)	in	Fig.	4.5.	The	ranges	of	modelled	values	for	pCO2	and	sea-level	drop	at	LGM	
for	 all	 investigated	 model	 parameters	 are	 listed	 in	 Table	 4.2.	 Based	 on	 these	
uncertainties,	the	model	shows	that	LGM	pCO2	is	188	–	197	ppmv	and	that	the	sea-level	
equivalent	volume	of	the	four	continental	ice-sheets	at	LGM	was	83	–	100	m,	agreeing	
well	with	 the	values	of	185	ppmv	pCO2	 from	the	EPICA	 ice	core	and	100	m	sea-level	
equivalent	 ice	 volume	 from	 the	 ICE-5G	 reconstruction	 (Peltier,	 2004).	 The	modelled	
pCO2	 values	match	 the	 EPICA	 record	 better	 than	 the	 values	 simulated	 by	 Stap	 et	 al.	
(2016),	as	demonstrated	by	the	linear	correlation	and	root	mean	squared	error	(RMSE)	
between	the	EPICA	Dome	C	record	and	the	reconstructions;	R2	=	0.46	and	RMSE	=	23.7	
ppmv	for	Stap	et	al.	(2016)	and	R2	=	0.71	and	RMSE	=	15.2	ppmv	for	our	simulation.	The	
reconstruction	by	van	de	Wal	et	al.	(2011)	performs	very	similarly	to	ours	(R2	=	0.72,	
RMSE	 =	 14.7	 ppmv),	 but	 since	 it	 was	 partly	 derived	 from	 the	 EPICA	 record,	 the	
comparison	is	not	independent	and	therefore	can	not	be	compared	to	our	results.		
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Table	4.1:	Values	of	 the	different	model	parameters	used	 in	 the	LGC	 sensitivity	analysis	
using	the	inverse-method	forced	matrix	model.	All	model	parameters	were	given	upper	and	
lower	bounds	10	%	above	and	below	their	benchmark	value,	except	for	the	SIA/SSA	flow	
enhancement	 factors	 (values	based	on	Ma	et	al.,	 2010),	 the	d18O	 forcing	record	 (0.1	‰	
uncertainty	stated	by	Lisiecki	and	Raymo,	2005)	and	the	pCO2	averaging	time	(values	of	
2,000	 years	 and	 15,000	 years	 given	 by	 de	 Boer	 et	 al.	 (2014)	 and	 Stap	 et	 al.	 (2016),	
respectively).		

Parameter	 Description	 Benchmark	 Altered	values	

cabl,NAM	 Ablation	tuning	parameter	for	
North	America	(m/y)	

0.189	 0.173	 0.205	 -	 -	

cabl,EAS	 Ablation	tuning	parameter	for	
Eurasia	(m/y)	

0.256	 0.233	 0.282	 -	 -	

cabl,GRL	 Ablation	tuning	parameter	for	
Greenland	(m/y)	

0.252	 0.229	 0.276	 -	 -	

cabl,ANT	 Ablation	tuning	parameter	for	
Antarctica	(m/y)	

0.189	 0.173	 0.205	 -	 -	

d18O	 Benthic	d18O	forcing	record	 LR04	 -
0.1‰	

+0.1‰	 	 	

eSIA,	eSSA	 SIA/SSA	flow	enhancement	
factors	

5.0,	0.5	 4.5,	
0.5	

4.5,	0.7	 5.6,	
0.6	

5.6,	
0.7	

rCO2	 Ratio	between	d18O	deviation	
and	pCO2	(Eq.	2)	

120	 108	 132	 -	 -	

rdT	 Ratio	between	surface	and	
deep-sea	temperature	
anomaly	

0.14	 0.126	 0.154	 -	 -	

tCO2	 pCO2	averaging	time	in	years	
(Eq.	2)	

8,500	 4,500	 6,500	 10,500	 12,500	

	
	

	

Figure	4.5:	pCO2	throughout	the	last	four	glacial	cycles	(410	ky	ago	-	PD):	observations	from	
the	EPICA	Dome	C	ice	core	(Lüthi	et	al.,	2008),	reconstruction	by	Stap	et	al.	(2016)	and	
results	from	the	inverse-method	forced	matrix	model	(this	study).	Solid	green	line	shows	
the	benchmark	run,	green	shaded	area	shows	the	maximum	uncertainty	range	from	the	
sensitivity	 experiment	 with	 17	 ensemble	 members,	 the	 dotted	 line	 indicates	 the	 pre-
industrial	 CO2	 concentration.	 Linear	 correlation	 coefficients	 R2	 are	 shown	 for	 the	
correlation	between	modelled	pCO2	and	the	EPICA	Dome	C	record.	
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Table	4.2:	Sensitivity	of	the	modelled	pCO2	and	total	eustatic	sea-level	contribution	to	the	
different	model	parameters	at	different	points	in	the	simulations.		

Parameter	 LGM	 MIS	M2	-	3.3	My	 KM5c	-	3.205	My	

pCO2	
(ppmv)	

Sea-level	
(m)	

pCO2	(ppmv)	 Sea-level	
(m)	

pCO2	(ppmv)	 Sea-level	
(m)	

Benchmark	 192	 -98	 242	 -16	 319	 7.4	

cabl	 188	–	197	 -87	–	-95	 241	–	244	 -15	–	-17	 317	–	328	 4	–	8	

d18O	 191	–	194	 -86	–	-90	 233	–	249	 -10	–	-25	 303	–	384	 3	–	8	

eSIA,	eSSA	 188	–	194	 -83	–	-98	 241	–	243	 -14	–	-16	 312	–	322	 7	–	10	

rCO2	 190	–	196	 -88	–	-98	 242	–	243	 -15	–	-16	 319	–	322	 7	–	7	

rdT	 194	–	194	 -87	–	-93	 240	–	245	 -14	–	-17	 317	–	323	 7	–	8	

tCO2	 189	–	196	 -87	–	-100	 239	–	247	 -13	–	-20	 318	–	329	 7	–	7	

Min	-	Max	 188	–	197	 -83	–	-100	 233	–	249	 -10	–	-25	 303	–	384	 3	–	10	

	
Benthic	oxygen	isotope	abundance	and	its	contributions	from	ice	volume	and	deep-sea	
water	temperature	are	shown	in	Fig.	4.6	and	compared	to	reconstructions	by	Lisiecki	
and	Raymo	(2005)	and	by	Shakun	et	al.	(2015),	who	made	a	proxy-based	decomposition	
of	 the	 respective	 contributions	 to	 the	 benthic	 d18O	 from	 land	 ice	 and	 deep-sea	
temperature.	The	simulated	benthic	d18O	shows	a	near	perfect	match	with	the	LR04	stack	
(Lisiecki	and	Raymo,	2005)	that	was	used	to	force	the	model,	as	is	to	be	expected	when	
using	the	inverse	forward	modelling	approach.	The	observed	rapid	drop	in	d18Osw	at	the	
inception,	between	120	and	110	ky	BP,	is	reproduced	well,	as	is	the	drop	in	Tdw.	Deep	
water	temperature	between	60	ky	and	LGM	appears	to	be	too	high,	more	so	than	for	the	
CO2-forced	model	version	by	Berends	et	al.	(2018).	
	
Surface	 temperature	 anomalies	 over	 Greenland	 and	 Antarctica	 compared	 to	 ice-core	
records	 (EPICA	Dome	C;	Jouzel	et	al.,	2007;	GISP2;	Alley,	2000;	NGRIP;	Kindler	et	al.,	
2014)	throughout	the	last	glacial	cycle	are	shown	in	Fig.	4.7.	The	performance	of	the	new	
model	version	in	terms	of	ice	surface	temperature	is	comparable	to	that	of	the	model	by	
Berends	et	al.	(2018),	as	illustrated	by	the	linear	correlation	coefficients	and	root	mean	
square	error	between	the	modelled	temperatures	and	the	ice	core	records:	R2	=	0.87	and	
RMSE	=	0.86	K	for	Antarctica	in	this	model,	versus	R2	=	0.84	and	RMSE	=	0.91	K	in	the	
old	version.	For	Greenland,	the	new	model	produces	a	value	of	R2	=	0.74	and	RMSE	=	2.2	
K,	versus	R2	=	0.65	and	RMSE	=	2.6	K	for	the	old	model.	
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Figure	4.6:	Benthic	d18O	during	the	last	glacial	cycle	(LGC)	for	the	410	ky	simulations	using	
the	 inverse-method	 forced	matrix	model,	 compared	 to	 data	 from	LR04	 (A;	 Lisiecki	 and	
Raymo,	2005)	and	from	Shakun	et	al.	(2015)	for	both	the	contribution	from	the	d18O	of	
seawater	(B)	and	that	from	deep	water	temperature	(C),	as	well	as	the	resulting	deep	water	
temperature	itself	(D).	Also	shown	are	the	results	from	Berends	et	al.	(2018).	Solid	green	
line	shows	the	benchmark	run,	green	shaded	area	shows	the	maximum	uncertainty	range	
from	the	sensitivity	experiment.	Since	the	new	model	set-up	is	forced	with	the	LR04	stack,	
rather	 than	 with	 the	 EPICA	 CO2	 record	 used	 by	 Berends	 et	 al.	 (2018),	 the	 increased	
correlation	coefficients	are	not	a	strong	result.	

	
Figure	4.7:	Modelled	versus	reconstructed	surface	temperature	anomaly	DTs	for	Antarctica	
(EPICA	Dome	C;	Jouzel	et	al.,	2007)	and	Greenland	(GISP2;	Alley,	2000;	NGRIP;	Kindler	et	
al.,	2014)	for	the	LGC	simulation	using	the	inverse-method	forced	matrix	model,	compared	
to	the	direct	pCO2-forced	matrix	model	by	Berends	et	al.	(2018).	Solid	green	line	shows	the	
benchmark	 run,	 green	 shaded	 area	 shows	 the	 maximum	 uncertainty	 range	 from	 the	
sensitivity	experiment.	Ice-core	temperature	records	have	been	subjected	to	a	4	ky	running	
average;	variance	shown	by	black	shaded	area.	Linear	correlation	coefficients	R2	are	shown	
for	the	correlation	between	modelled	ice	surface	temperatures	and	ice	core	records.	

The	 mismatch	 during	 the	 inception	 of	 the	 glacial	 cycle	 between	 isotope-derived	
Antarctic	surface	temperature	and	ice	core	CO2	on	the	one	hand	and	benthic	d18O	and	sea	
level	on	the	other	hand,	reported	by	Bintanja	and	van	de	Wal	(2008),	van	de	Wal	et	al.	
(2011),	de	Boer	et	al.	(2014),	Niu	et	al.	(2017)	and	Berends	et	al.	(2018),	is	much	better	
in	 the	 simulations	 here.	 The	 linear	 correlation	 coefficient	 R2	 between	 modelled	 and	
reconstructed	Antarctic	 surface	 temperatures	 between	120	 and	80	 ky	 ago	 increased	
from	 a	 value	 of	 0.49	 for	 Berends	 et	 al.	 (2018)	 to	 a	 value	 of	 0.74	 for	 this	 study.	 For	
Greenland,	this	value	increased	from	0	to	0.36.	The	CO2-forced	model	(Berends	et	al.,	
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2018)	produced	Antarctic	surface	temperatures	that	were	in	good	agreement	with	the	
isotope-based	proxy	record	but	failed	to	reproduce	the	strong	sea-level	drop.	The	d18O-
forced	model	from	this	study	reproduces	benthic	d18O	and	its	different	contributions	and	
shows	a	too	strong	decrease	in	pCO2,	but	is	in	overall	agreement	with	proxy	records	of	
CO2,	 sea	 level	 and	 temperature,	 indicating	 that	 there	 is	 an	 added	 value	 of	 using	 the	
climate	matrix	method	as	applied	here.	
	
4.3.2	Transient	simulation	of	the	Pliocene	
The	comparisons	between	model	results	and	(proxy)	data	for	the	simulations	of	the	last	
four	glacial	cycles	indicate	that	the	model	accurately	reproduces	pCO2,	ice	volume	and	
general	geometry	(not	shown),	and	surface	temperatures.	We	therefore	proceeded	to	
apply	 the	 new	 model	 set-up	 to	 the	 late	 Pliocene.	 We	 chose	 to	 start	 our	 transient	
simulations	at	3.65	My	ago,	capturing	 the	warm	period	between	3.6	and	3.4	My.	The	
simulations	were	run	until	2.75	My	ago,	since	the	density	of	available	pCO2	proxy	data	is	
much	higher	after	MIS	M2,	allowing	for	a	more	detailed	comparison	of	modelled	pCO2	to	
proxy-based	pCO2	reconstructions.	The	model	was	initialised	with	the	same	PRISM3	ice-
sheets	(Dowsett	et	al.,	2010)	that	were	also	used	to	force	the	PRISM	and	Plio_Control	
HadCM3	experiments	by	Dolan	et	al.	(2015).	Due	to	the	nature	of	the	inverse	coupling	
method,	initialising	the	model	with	present-day	ice-sheets	quickly	converges	to	the	same	
result.	Topography	was	set	to	present-day	plus	the	Barents	Sea	erosion	reversal	 from	
Butt	et	al.	(2002)	and	a	glacial	isostatic	adjustment	(GIA)	correction	accounting	for	the	
difference	 in	 ice	 loading	 over	 Greenland	 and	 Antarctica	 according	 to	 the	 PRISM3	
reconstruction	 (Dowsett	 et	 al.,	 2010).	 Insolation	 and	 benthic	 d18O	 were	 prescribed	
according	to	Laskar	et	al.	(2004)	and	Lisiecki	and	Raymo	(2005),	respectively.	In	order	
to	 estimate	 the	 uncertainty	 in	 the	 modelled	 ice	 volume,	 we	 performed	 the	 same	
sensitivity	analysis	as	for	the	last	glacial	cycle,	with	the	same	parameter	values	shown	in	
Table	4.1.	The	resulting	simulated	pCO2	record	 is	 shown	 in	Fig.	4.8	and	compared	 to	
other	model	reconstructions	(van	de	Wal	et	al.,	2011;	Stap	et	al.,	2016)	and	to	proxy-
based	data	derived	from	alkenones	(Seki	et	al.,	2010;	Badger	et	al.,	2013;	Zhang	et	al.,	
2013)	and	d11B	ratios	(Seki	et	al.,	2010;	Bartoli	et	al.,	2011;	Martínez-Botí	et	al.,	2015;	
Stap	et	al.,	2016).		
	

	
Figure	4.8:	pCO2	throughout	the	late	Pliocene	and	early	Pleistocene	as	simulated	with	the	
inverse-method	forced	matrix	model,	compared	to	d18O-based	model	reconstructions	(van	
de	Wal	et	al.,	2011;	Stap	et	al.,	2016)	and	proxy	data	based	on	alkenones	(Seki	et	al.,	2010;	
Badger	et	al.,	2013;	Zhang	et	al.,	2013)	and	11B	ratios	(Seki	et	al.,	2010;	Bartoli	et	al.,	2011;	
Martínez-Botí	et	al.,	2015;	Stap	et	al.,	2016).	Solid	line	shows	the	benchmark	run,	shaded	
area	shows	the	maximum	uncertainty	range	from	the	sensitivity	experiment.	
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The	ranges	of	modelled	values	pCO2	and	sea-level	change	at	MIS	M2	and	at	KM5c	(3.205	
My	 ago)	 for	 all	 investigated	model	 parameters	 are	 listed	 in	 Table	 4.2.	 KM5c	 is	 used	
because	it	has	been	identified	as	a	time	slice	representing	the	mid-Pliocene	Warm	Period	
(Haywood	et	al.,	2013).	These	simulations	show	that	during	MIS	M2	pCO2	is	233	–	249	
ppmv	and	that	the	sea-level	equivalent	volume	of	the	four	continental	ice-sheets	was	10	
–	25	m	bigger	than	present-day,	with	the	uncertainty	based	on	the	spread	in	the	results	
from	 the	 ensemble	 of	 simulations.	 The	 uncertainty	 in	modelled	 pCO2	 becomes	much	
larger	for	warmer-than-present	climates,	as	shown	by	the	modelled	ranges	for	KM5c.	
The	sensitivity	to	the	benthic	d18O	forcing	is	especially	high,	resulting	in	modelled	pCO2	
values	of	303	–	384	ppmv.	The	reason	for	this	is	that	the	climatological	forcing	resulting	
from	 the	 climate	 matrix	 is	 less	 constrained	 for	 warmer	 than	 present-day	 climates.	
Whereas	 the	matrix	contains	six	 snapshots	describing	climates	with	more	ice	and/or	
lower	pCO2,	there	is	only	one	ice	sheet	configuration	smaller	than	present-day	(PRISM),	
and	only	one	snapshot	with	a	pCO2	higher	than	280	ppmv	(the	Plio_Control	simulation,	
with	405	ppmv).		
	
The	 resulting	modelled	 sea-level	 contributions	 over	 time	 are	 shown	 in	 Fig.	 4.9.	 The	
modelled	ice-sheets	over	the	Northern	and	Southern	Hemispheres	at	MIS	M2	and	KM5c	
are	shown	in	Fig.	4.10	and	Fig.	4.11,	respectively.	In	North	America,	MIS	M2	is	clearly	
visible	as	a	strong	peak	in	ice	volume,	which	immediately	disappears	when	pCO2	rises	
again.	 Most	 of	 the	 ice	 forms	 over	 north-eastern	 Canada,	 with	 a	 smaller	 ice	 sheet	
developing	over	the	northern	Cordillera.	In	Eurasia,	only	small	ice-caps	form	on	Svalbard	
and	Nova	Zembla	(no	longer	islands,	but	now	small	mountain	areas	bordering	the	newly	
exposed	Barents	Land),	with	no	sizeable	ice	sheets	forming	even	at	the	peak	of	MIS	M2.	
Greenland	is	mostly	ice-free	until	MIS	M2,	when	it	rapidly	develops	an	ice	sheet	slightly	
larger	than	present	day.	After	MIS	M2,	the	ice	sheet	disappears,	advancing	and	retreating	
several	 times	 during	 the	 following	 period.	 Similar	 behaviour	 is	 observed	 on	 West	
Antarctica,	while	East	Antarctica	remains	stable	throughout	the	simulation.	While	both	
Greenland	 and	 Antarctica	 continue	 to	 show	 substantial	 variability	 throughout	 the	
remainder	of	the	simulations,	North	America	does	not	glaciate	again	until	the	onset	of	
the	Pleistocene	glacial	cycles,	2.8	My	ago.	
	

	
Figure	4.9:	Volumes	of	the	four	ice	sheets	over	time	throughout	the	late	Pliocene	and	early	
Pleistocene	as	 simulated	with	 the	 inverse-method	 forced	matrix	model.	 Solid	green	 line	
shows	the	benchmark	run,	green	shaded	area	shows	the	maximum	uncertainty	range	from	
the	sensitivity	experiment.	Vertical	dashed	lines	indicate	MIS	M2	(3.295	My	ago)	and	KM5c	
(3.205	My	ago).	
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Figure	4.10:	The	ice-sheets	at	the	peak	of	MIS	M2	(3.295	My	ago),	as	simulated	with	the	
inverse-method	forced	matrix	model.	Contour	lines	for	the	Northern	Hemisphere	(A)	show	
ice	thickness,	contour	lines	for	Antarctica	(B)	show	surface	elevation.	Antarctic	ice	shelves	
are	shown	as	light	blue.	Bedrock	elevation	where	not	covered	by	ice	is	shown	by	colours.	A	
sizeable	 ice	sheet	exists	over	the	present-day	Hudson	Bay	and	Baffin	Island,	as	well	as	a	
smaller	one	over	the	northern	Cordillera.	Antarctic	ice	volume	increases	by	1.5	–	3.5	m	sea-
level	equivalent	(SLE)	because	of	the	grounding	of	ice	into	the	Filchner-Ronne	basin.	

		
Figure	4.11:	The	 ice-sheets	during	KM5c	(3.205	My	ago),	as	simulated	with	the	inverse-
method	 forced	matrix	model.	 Contour	 lines	 for	 the	 Northern	 Hemisphere	 (A)	 show	 ice	
thickness,	contour	lines	for	Antarctica	(B)	show	surface	elevation.	Antarctic	ice	shelves	are	
shown	 as	 light	 blue.	 Bedrock	 elevation	where	 not	 covered	 by	 ice	 is	 shown	 by	 colours.	
Whereas	most	of	the	ice	on	Greenland	has	disappeared,	retreat	on	Antarctica	is	limited	to	
the	Ross	Sea,	where	the	present-day	ice	shelf	disintegrates	to	leave	open	ocean.	

Global	mean	 sea	 level	 is	 compared	 to	 two	different	 reconstructions	 in	 Fig.	 4.12.	Our	
model	results	generally	lie	between	the	d18O-based	reconstruction	by	Miller	et	al.	(2011)	
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and	the	reconstruction	based	on	geological	backstripping	from	New	Zealand	by	Miller	et	
al.	(2012).	During	warm	periods,	our	model	generally	shows	lower	sea	levels	and	less	
variability	 than	Miller	et	al.	 (2011)	and	Miller	et	al.	 (2012).	During	cold	periods,	our	
model	generally	shows	less	sea-level	drop	than	the	d18O-based	reconstruction	by	Miller	
et	al.	(2011),	but	more	than	the	reconstruction	based	on	geological	backstripping.	The	
d18O-based	reconstruction	by	Miller	et	al.	(2011)	is	based	on	a	linear	relation	between	
benthic	d18O	and	sea	level,	which	is	an	oversimplification	of	separating	the	contributions	
to	the	benthic	d18O	signal	(e.g.	Bintanja	et	al.,	2005;	de	Boer	et	al.,	2013).	Miller	et	al.	
(2012)	noted	 that	 reconstructing	absolute	values	 for	 local	 relative	sea-level	based	on	
geological	backstripping	is	difficult	due	to	the	required	corrections	for	GIA	and	dynamic	
topography.	 However,	 the	 relatively	 short	 duration	 of	 MIS	 M2	 means	 that	 the	
reconstructed	drop	in	sea-level,	of	about	20	m	relative	to	the	background	level,	is	likely	
to	be	accurate.	Our	model	produces	a	value	of	about	24	m,	in	good	agreement	with	this	
value.	

	
Figure	4.12:	A)	Global	mean	sea	level	relative	to	the	present	day	over	time	throughout	the	
late	 Pliocene	 as	 simulated	with	 the	 inverse-method	 forced	matrix	model,	 compared	 to	
reconstructions	based	on	d18O	(Miller	et	al.,	2011;	blue	line)	and	geological	backstripping	
(Miller	et	al.,	2012;	black	line	with	triangles).	Shaded	areas	show	maximum	uncertainty	
ranges.	Vertical	dashed	lines	indicate	MIS	M2	and	KM5c.	B)	Peak	sea	level	drop	during	MIS	
M2	 (3.3	My	 ago)	 for	 all	 three	 reconstructions,	 same	 vertical	 scale.	 Shaded	 areas	 show	
uncertainty	ranges.	

The	evolution	of	the	West	Antarctic	ice	sheet	agrees	partially	with	information	derived	
from	the	AND-1B	sediment	core,	recovered	from	beneath	the	northwest	part	of	the	Ross	
ice	shelf	by	the	ANDRILL	programme	(Naish	et	al.,	2009;	McKay	et	al.,	2012).	Information	
derived	from	this	core	by	de	Schepper	et	al.	(2014)	is	compared	to	model	results	in	Fig.	
4.13.	AND-1B	shows	ice-free	conditions	in	the	Ross	Sea	up	to	3.4	Myr	ago,	followed	by	
glacial	deposits	up	to	3.24	Myr	ago.	Our	model	results	show	ice-free	conditions	up	to	3.32	
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Myr	ago,	just	prior	to	MIS	M2.	The	ice-free	conditions	shown	in	our	model	results	around	
KM5c	cannot	be	validated	by	AND-1B	due	to	a	lack	of	data.	Between	3.14	and	3.04	Myr	
ago,	AND-1B	again	contains	glacial	deposits	when	our	model	 results	 indicate	 ice-free	
conditions.	The	glacial	conditions	between	3.04	and	2.95	Myr	ago	and	the	subsequent	
ice-free	conditions	between	2.95	and	2.90	Myr	ago	indicated	by	AND-1B	match	with	our	
model	results.	However,	since	the	AND-1B	sediment	core	contains	several	sizeable	data	
gaps	due	to	geological	unconformities,	the	possibility	that	observed	~40	ky	cycles	in	ice-
rafted	debris	concentration	have	been	incorrectly	matched	with	40	ky	cycles	in	the	d18O	
age	model	can	not	be	precluded.	We	therefore	conclude	that	the	AND-1B	sediment	core	
record	can	not	be	used	to	confirm	or	refute	our	model	results.	

	
Figure	4.13:	Comparison	of	model	results	to	the	AND-1B	sediment	core	(de	Schepper	et	al.,	
2014).	The	top	panel	shows	the	glacial	conditions	derived	from	the	sediment	core,	classified	
as	either	 “open	marine”	 (blue),	 “glacial	deposits”	 (red)	or	 “no	data”	 (grey).	The	bottom	
panel	shows	the	fraction	of	the	Ross	Sea	that	 is	covered	by	floating	(red)	and	grounded	
(green)	ice	in	our	model	simulations,	with	shaded	areas	showing	the	maximum	uncertainty	
range	from	the	sensitivity	experiment.

4.4	Discussion	and	conclusions	
	
We	have	presented	a	new	time-continuous,	self-consistent	reconstruction	of	pCO2,	 ice	
sheet	 configuration	 and	 climate	 for	 the	 late	 Pliocene,	 3.65	 My	 –	 2.75	 My	 ago.	 Our	
approach	is	based	on	the	matrix	method	by	Berends	et	al.	(2018),	where	an	ice-sheet	
model	is	forced	with	a	combination	of	several	pre-calculated	GCM	snapshots.	We	have	
extended	their	two-state	climate	matrix	with	several	GCM	snapshots	created	by	Dolan	et	
al.	 (2015),	 who	 simulated	 global	 climate	 during	 MIS	 M2	 for	 different	 ice-sheet	
configurations	 and	 pCO2	 levels.	 Since	 our	 initial	 experiment,	 where	 this	 model	 was	
forced	with	the	pCO2	reconstruction	by	Stap	et	al.	(2016),	proved	unable	to	constrain	
sea-level	 during	 MIS	 M2	 any	 further,	 we	 adopted	 the	 inverse	 forward	 modelling	
approach	by	de	Boer	et	al.	(2013),	forcing	the	model	with	the	LR04	benthic	d18O	stack	
(Lisiecki	and	Raymo,	2005).	By	first	using	this	d18O-forced	model	set-up	to	simulate	the	
last	glacial	cycle,	we	showed	that	it	performed	at	least	equally	well	to	the	CO2-forced	set-
up	by	Berends	et	al.	(2018)	in	terms	of	benthic	d18O	(Fig.	4.6)	and	surface	temperature	
(Fig.	4.7),	and	better	than	the	1-D	model	set-up	by	Stap	et	al.	(2016)	in	terms	of	simulated	
pCO2	(Fig.	4.5).	
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Our	results	for	the	late	Pliocene	show	a	global	mean	sea-level	drop	of	10	–	25	m	during	
MIS	M2,	with	the	uncertainty	resulting	from	a	sensitivity	analysis	investigating	several	
key	model	parameters	and	the	uncertainty	in	the	applied	d18O	forcing.	This	value	is	in	
good	agreement	with	the	reconstruction	based	on	geological	backstripping	from	New	
Zealand	by	Miller	et	al.	(2012;	10	±	10	m)	and	the	d18O-based	reconstruction	by	Miller	et	
al.	 (2011;	34	±	10	m).	The	extra	 ice	with	respect	 to	present	day	is	 located	mostly	on	
eastern	Canada	and	the	northern	Cordillera	(9	–	20	m	SLE)	and	the	grounded	ice	over	
the	Filcher-Ronne	Sea	(1.5	–	3.5	m	SLE).	The	atmospheric	CO2	concentration	necessary	
to	produce	the	cooling	required	to	grow	these	ice-sheets	is	shown	to	be	233	–	249	ppmv.	
During	MIS	KM5c,	most	of	the	ice	on	Greenland	and	West	Antarctica	disappears,	raising	
global	mean	sea	level	to	3	–	10	m	above	present	day,	caused	by	a	pCO2	of	303	–	384	ppmv.	
The	sea-level	high	stand	of	the	mid-Pliocene	Warm	Period	is	achieved	during	MIS	KM3	
(3.155	My	ago)	at	8	–	14	m	above	present-day.	The	larger	uncertainty	in	the	modelled	
pCO2	during	warmer	periods	is	attributed	to	the	fact	that	the	climate	matrix	used	to	force	
our	 ice	 sheet	model	 contains	only	one	GCM	snapshot	with	a	pCO2	above	present	day	
levels,	and	only	one	ice	sheet	configuration	with	smaller	than	present	ice	sheets.	Hence,	
the	 relationship	 between	 ice	 sheets	 and	 climate	 for	warmer	 than	 present	 worlds	 is	
poorly	constrained,	which	is	reflected	by	an	increased	uncertainty	in	the	simulated	pCO2	
and	 ice	 volume.	 Expanding	 the	 climate	 matrix	 with	 additional	 GCM	 snapshots	 for	
intermediate	 pCO2	 levels,	 orbital	 configurations	 and	 ice-sheet	 geometries	 could	 help	
reduce	this	uncertainty,	by	more	accurately	capturing	the	non-linear	response	of	many	
climatological	parameters	to	these	forcings	and	boundary	conditions.	
	
Despite	 the	 large	 uncertainty,	 our	 results	 suggest	 that	 CO2	 concentration	 during	 this	
warm	time	interval	have	not	been	significantly	higher	than	present-day	(~400	ppmv)	
values,	 in	 contrast	 to	 some	 of	 the	 proxy	 results.	 Comparing	 our	 Pliocene	 pCO2	
reconstruction	to	those	by	van	de	Wal	et	al.	(2011)	and	Stap	et	al.	(2016),	our	model	
shows	stronger	variability	on	the	104	y	timescale.	In	the	long	term,	our	model	generally	
shows	pCO2	levels	for	warm	climates	that	are	higher	than	van	de	Wal	et	al.	(2011)	but	
lower	than	Stap	et	al.	(2016).	For	colder	climates,	our	pCO2	is	generally	higher	than	Stap	
et	al.	(2016),	and	not	clearly	higher	or	lower	than	van	de	Wal	et	al.	(2011).	Given	the	level	
of	disagreement	between	the	different	proxy-based	reconstructions,	it	is	not	possible	to	
assess	the	validity	of	the	different	model-based	reconstructions	relative	to	each	other.	
However,	 based	 on	 the	 ability	 of	 the	 different	models	 to	 reproduce	 the	 EPICA	 pCO2	
record,	assigning	more	confidence	to	the	reconstruction	presented	here	is	justified.	
	
Berends	 et	 al.	 (2018)	 provide	 a	 detailed	 discussion	 of	 the	 various	 advantages	 and	
disadvantages	of	the	matrix	method	with	respect	to	other	methods	of	model	forcing	and	
coupling.	Non-linear	feedbacks	of	a	growing	ice	sheet	on	the	local	and	global	climate,	
such	 as	 changes	 in	 atmospheric	 stationary	waves,	 are	 not	 properly	 captured	 by	 this	
model	set-up,	although	the	inclusion	of	more	GCM	snapshots	for	intermediate-sized	ice	
sheets	should	make	the	behaviour	of	the	model	more	realistic	in	this	respect.	As	a	result,	
the	 inception	of	 the	 last	glacial	 cycle	 (100	–	80	ky	ago;	Fig.	4.6,	Fig.	4.7),	 is	now	also	
satisfyingly	resolved	in	term	of	temperature	and	sea	level	drop	though	the	decrease	in	
pCO2	seems	stronger	than	suggested	by	the	ice	core	record.		
	
A	 drawback	 of	 the	matrix	method	used	here	 is	 that	 ocean	 temperature,	 required	 for	
calculating	sub-shelf	melt,	is	not	included	as	a	data	field	in	the	GCM	snapshots.	Instead,	
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sub-shelf	 melt	 is	 calculated	 based	 on	 a	 combination	 of	 the	 temperature-based	
formulation	 by	 Martin	 et	 al.	 (2011)	 and	 the	 glacial–interglacial	 parameterization	 by	
Pollard	and	DeConto	(2009),	tuned	by	de	Boer	et	al.	(2013)	to	produce	realistic	present-
day	Antarctic	shelves	and	grounding	lines.	Although	Berends	et	al.	(2018)	show	that	this	
set-up	 performs	 well	 when	 simulating	 colder-than-present	 climates,	 this	 is	 not	
necessarily	 a	 priori	 true	 for	warmer	 climates,	where	 the	 ice	 shelves	 are	 expected	 to	
retreat	 or	 even	 disintegrate.	 A	 more	 elaborate	 parameterisation	 based	 on	 GCM-
calculated	ocean	temperatures	can	be	expected	to	produce	more	reliable	results.	
	
Similarly,	 the	 effect	 of	 changes	 in	 insolation	 upon	 surface	 temperature	 is	 not	 well	
constrained.	 The	 climate	 matrix	 proposed	 by	 Berends	 et	 al.	 (2018)	 uses	 a	
parameterisation	based	on	the	locally	absorbed	insolation.	While	this	allows	changes	in	
prescribed	insolation	to	affect	climate	by	changing	the	relative	weights	assigned	to	the	
different	GCM	snapshots	in	the	climate	matrix,	the	different	GCM	snapshots	used	in	the	
current	version	of	the	climate	matrix	were	all	forced	with	the	same	3.3	Ma	reconstruction	
by	Lasker	et	al.	(2004).	Expanding	the	climate	matrix	with	additional	GCM	snapshots	for	
different	orbital	parameters,	along	the	lines	of	Prescott	et	al.	(2014;	2018),	would	make	
the	relation	between	insolation	and	surface	temperature	more	explicit.	We	believe	this	
could	 possibly	 lead	 to	 a	 further	 retreat	 of	 the	 East	 Antarctic	 ice	 sheet	 during	warm	
periods.	Another	possible	hindrance	to	significant	retreat	of	the	Antarctic	ice	sheet	in	our	
simulations	 is	 the	 lack	 of	 explicit	 grounding	 line	 physics	 and	 relatively	 low	 model	
resolution,	both	of	which	have	been	shown	to	be	required	for	accurate	simulations	of	
grounding	line	retreat	(Schoof,	2007;	Gladstone	et	al.,	2012;	Leguy	et	al.,	2014).	Instead,	
ANICE	calculates	sheet	and	shelf	ice	velocities	using	the	SIA	and	SSA,	respectively,	and	
add	these	together,	without	additional	grounding-line	parameterisations.	
	
An	additional	source	of	uncertainty	in	our	reconstruction	is	the	paleotopography	of	the	
period.	Although	we	did	include	the	Barents	Sea	erosion	reversal	by	Butt	et	al.	(2002)	
and	 its	 climate	 “fingerprint”	 as	 provided	 by	 Hill	 (2015)	 in	 our	model,	 several	 other	
regions	where	ice	may	have	existed	during	MIS	M2	are	suspected	to	have	had	a	different	
topography	 -	 the	 Canadian	 Archipelago	 has	 been	 suggested	 to	 have	 been	 still	 one	
unbroken	 landmass	 which	 only	 formed	 later	 through	 erosion	 by	 ice	 during	 the	
Pleistocene	 glaciations	 (Dowsett	 et	 al.,	 2016),	 the	 Hudson	 Bay	 was	 likely	 not	 yet	
submerged	 (present	 today	 mostly	 due	 to	 remaining	 isostatic	 depression	 from	 the	
Laurentide	ice	sheet	(Dowsett	et	al.,	2016;	Raymo	et	al.,	2011).	Similarly,	based	on	the	
Eocene-Oligocene	Transition	 (34	My	 ago)	 paleotopography	 reconstruction	 by	Wilson	
and	Luyendyk	(2009),	it	is	possible	that,	even	during	the	Pliocene,	West	Antarctica	was	
still	 mostly	 dry	 land	 (mostly	 submerged	 today	 due	 to	 erosion	 by	 ice	 and	 isostatic	
depression)	and	the	Filchner-Ronne	and	Ross	seas	were	significantly	deeper	(shallowed	
by	 ice-eroded	sediment	 from	West	Antarctica).	Although	such	changes	 in	 topography	
would	likely	have	changed	the	evolution	of	the	ice	sheets,	preliminary	experiments	for	
the	 Barents	 Sea	 showed	 that	 including	 the	 topography	 change	 without	 its	 GCM-
calculated	effect	on	climate	 resulted	 in	a	 strong	overestimation	of	 ice	volume,	mostly	
because	 applying	 the	 present-day	 sea	 climate	 to	 the	 newly	 exposed	 high-latitude	
landmass	resulted	in	a	strongly	positive	mass	balance	even	with	pCO2	above	400	ppmv.	
Since	no	studies	investigating	the	effects	of	these	other	topography	changes	on	local	and	
global	climate	are	available	yet,	we	did	not	include	these	changes	in	our	study.	Future	
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work	 might	 be	 focused	 on	 reinvestigating	 these	 effects	 once	 results	 from	 new	 GCM	
simulations	with	these	topography	changes	become	available.	
	
Considering	the	results	from	the	comparison	of	our	model	output	to	the	available	proxy	
data	and	the	different	uncertainties	and	caveats	in	our	results,	we	believe	our	results	
could	 be	 of	 added	 value	 to	 future	 iterations	 of	 the	 Pliocene	 Model	 Intercomparison	
Project	(PlioMIP),	to	be	used	for	example	as	boundary	conditions	for	new	GCM	snapshots	
or	even	transient	simulations.	
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5.	Reconstructing	the	evolution	of	ice	sheets,	sea-level	and	
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Understanding	 the	evolution	of,	and	 the	 interactions	between,	 ice	 sheets	and	the	global	
climate	 over	 geological	 time	 is	 important	 for	 being	 able	 to	 constrain	 earth	 system	
sensitivity.	However,	direct	observational	evidence	of	past	atmospheric	CO2	concentrations	
only	exists	for	the	past	800,000	years.	Records	of	benthic	d18O	date	back	millions	of	years,	
but	contain	two	different	signals	added	together,	being	land	ice	volume	and	deep-water	
ocean	 temperature.	 In	 recent	years,	 inverse	 forward	modelling	has	been	developed	as	a	
method	to	disentangle	these	two	signals,	allowing	benthic	d18O	to	be	used	as	an	input	for	
coupled	ice-sheet	–	climate	models,	resulting	in	mutually	consistent	reconstructions	of	ice	
volume,	temperature	and	CO2.	We	use	this	approach	to	force	a	hybrid	ice-sheet	–	climate	
model	with	a	benthic	d18O	stack,	reconstructing	the	evolution	of	the	four	continental	 ice	
sheets,	 global	 mean	 sea-level	 and	 atmospheric	 CO2	 during	 the	 late	 Pliocene	 and	 the	
Pleistocene,	from	3.6	Myr	ago	to	the	present	day.	The	resulting	reconstruction	of	CO2	and	
sea-level	agree	well	with	the	EPICA	Dome	C	ice	core	record	and	different	sea-level	proxies,	
indicating	that	this	model	set-up	yields	useful	information	for	colder-than-present	climates.	
For	the	warmer-than-present	climates	of	the	Late	Pliocene,	different	proxies	for	both	CO2	
and	 sea-level	 are	 contradictory,	 making	 model	 validation	 difficult.	 During	 the	 early	
Pleistocene,	2.6	–	1.2	Myr	ago,	we	simulate	40	kyr	glacial	cycles	with	glacial-interglacial	
sea-level	changes	of	25	–	50	m.	During	this	period,	CO2	ranges	between	270	–	280	ppmv	
during	interglacials	and	210	–	240	ppmv	during	glacial	maxima.	After	the	Mid-Pleistocene	
Transition	(MPT),	when	the	glacial	cycles	change	from	40	kyr	to	80/120	kyr	cyclicity,	their	
sea-level	amplitude	increases	to	70	–	120	m,	with	CO2	ranging	from	260	to	280	ppmv	during	
interglacials,	and	180	–	200	ppmv	during	glacial	maxima.
	
5.1	Introduction	
	
Understanding	the	response	of	ice	sheets	and	the	global	climate	as	a	whole	to	changes	in	
the	 concentrations	 of	 atmospheric	 CO2,	 is	 important	 for	 understanding	 the	 future	
evolution	of	the	climate	system.	In	order	to	gain	more	insight	 in	the	relation	between	
these	components	of	 the	Earth	system,	 studying	 their	evolution	during	 the	geological	
past	 is	 useful.	 Since	 large-scale	 changes	 in	 ice	 sheet	 geometry	 typically	 occur	 over	
thousands	 to	 tens	 of	 thousands	 of	 years,	 sources	 of	 information	 other	 than	 direct	
observational	evidence	are	required.	
	
One	particularly	rich	source	of	information	is	presented	by	ice	cores.	The	chemical	and	
isotopical	content	of	the	ice	itself	can	provide	valuable	information	on	the	state	of	the	
world’s	climate,	and	in	particular	on	the	temperature,	at	the	time	the	ice	was	formed	
(Dansgaard	et	al.,	1964;	Jouzel	et	al.,	1997;	Alley	et	al.,	2000;	Kindler	et	al.,	2014).	Air	
bubbles,	 trapped	 when	 the	 snow	 compresses	 first	 into	 firn	 and	 ultimately	 into	 ice,	
contain	tiny	samples	of	the	atmosphere	as	it	was	at	the	time	the	air	got	trapped.	The	
oldest	 ice	 core	 presently	 available,	 the	 EPICA	 Dome	 C	 core	 (Bereiter	 et	 al.,	 2015),	
contains	ice	and	air	bubbles	dating	back	800	kyr.	The	information	obtained	from	these	
ice	cores	has	greatly	improved	our	understanding	of	the	dynamics	of	the	glacial	cycles	of	
the	Late	Pleistocene.	
	
Information	 going	 back	 even	 further	 in	 time	 is	 obtained	 from	 the	 shells	 of	 benthic	
foraminifera,	retrieved	from	ocean	sediment	cores.	The	heavy	oxygen	isotope	content	of	
these	 shells	 is	 influenced	 by	 the	 total	 land-based	 ice	 volume,	 as	 well	 as	 by	 the	
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temperature	of	the	surrounding	water.	Ocean	sediment	cores	containing	foraminiferal	
shells	 have	 been	 used	 to	 create	 stacks	 of	 benthic	 d18O	 records	 dating	 back	 65	 Myr	
(Lisiecki	and	Raymo,	2005;	Zachos	et	al.,	2001,	2008).	Fig.	1	shows	the	LR04	stack	of	
benthic	d18O	records	(Lisiecki	and	Raymo,	2005),	together	with	the	EPICA	Dome	C	CO2	
record	(Lüthi	et	al.,	2008)	and	the	Earth’s	orbital	parameters	and	Northern	hemisphere	
summer	insolation,	during	the	last	800	kyr.	
	

	

Figure	 5.1:	 Earth’s	 orbital	 parameters	 (obliquity,	 eccentricity	 and	 precession)	 and	 the	
resulting	 Northern	 summer	 insolation	 (Laskar	 et	 al.,	 2004),	 benthic	 d18O	 (Lisiecki	 and	
Raymo,	2005)	and	ice	core	CO2	(Lüthi	et	al.,	2008)	during	the	past	800	kyr.	

Since	 benthic	d18O	 contains	 both	an	 ice-based	 and	 a	climate-based	 signal,	 using	 it	 to	
understand	 the	 evolution	 of	 either	 of	 these	 two	 Earth	 system	 components	 is	 only	
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possible	 after	 disentangling	 the	 two	 contributions.	 Several	 studies	 have	 aimed	 at	
performing	this	separation	by	deriving	either	of	the	two	signals	from	independent	other	
proxies.	One	approach	has	been	to	derive	deep-water	temperatures	from	foraminiferal	
Mg/Ca	ratios	 (e.g.	Sosdian	and	Rosenthal,	2009;	Elderfield	et	al.,	2012;	Shakun	et	al.,	
2015).	Global	mean	sea	level	is	then	solved	as	a	closure	term.	Alternatively,	proxies	for	
global	mean	 temperature	 have	 been	 obtained	 from	 records	 of	 oxygen	 and	hydrogen	
isotope	abundances	from	ice	cores	from	Greenland	(e.g.	Alley	et	al.,	2000)	and	Antarctica	
(e.g.	Jouzel	et	al.,	2007).	In	that	case	ocean	water	temperature	can	be	resolved	as	closure	
term	from	the	benthic	signal.	
	
Focussing	 on	 the	 signal	 from	 ice	 volume	 rather	 than	 the	 signal	 from	 temperature,	
Rohling	et	al.	(2014)	used	planktic	d18O	in	the	Mediterranean	Sea	as	a	proxy	for	sea-level	
at	 the	 Strait	 of	 Gibraltar,	 translating	 the	 resulting	 signal	 into	 a	global	mean	 sea-level	
record	spanning	the	last	5.5	Myr.	Grant	et	al.	(2014)	applied	the	same	method	to	the	Red	
Sea,	producing	a	record	of	sea-level	at	the	Bab-el-Mandab	Strait	with	a	higher	accuracy,	
but	going	back	only	500	kyr.	While	several	recent	studies	have	used	fully	coupled	ice-
sheet	 –	 climate	 –	 carbon	 cycle	models	 to	 simulate	multiple	 glacial	 cycles	 using	 only	
insolation	 as	 forcing	 (e.g.	 Brovkin	 et	 al.,	 2012;	 Willeit	 et	 al.,	 2015,	 2019),	 the	 CO2	
reconstructions	produced	by	these	studies	do	not	always	agree	well	with	CO2	records	
from	 ice	cores,	which	are	generally	considered	 to	be	 the	most	 reliable	proxy	 for	CO2.	
Furthermore,	exploring	the	entire	parameter	space	of	fully	coupled	ice-sheet-climate-
carbon	cycle	models	is	computationally	very	expensive,	limiting	both	the	length	and	the	
number	of	the	simulations	that	can	feasibly	be	performed.	
	
Here,	we	follow	a	different	approach,	building	on	the	fact	that	changes	in	global	climate	
and	ice	volume	do	not	happen	independently.	By	describing	the	relation	between	these	
two	Earth	system	components	using	coupled	ice-climate	models	of	varying	degrees	of	
complexity,	studies	like	Bintanja	et	al.	(2005),	Bintanja	and	van	de	Wal	(2008),	van	de	
Wal	et	al.	(2011),	de	Boer	et	al.	(2010,	2012,	2013,	2014b,	2017),	Stap	et	al.	(2016;	2017)	
and	 Berends	 et	 al.	 (2019)	 were	 able	 to	 separate	 the	 ice	 volume	 and	 deep-water	
temperature	 signals	 in	 the	benthic	d18O	 record.	The	 advantage	 of	 this	 approach	 over	
other	proxy-based	reconstructions	is	that	the	simulated	changes	in	global	climate	and	
ice-sheet	evolution	are	consistent	with	each	other,	building	on	the	physical	equations	
within	the	model	framework.	Earlier	studies	adopting	this	approach	used	simple,	one-
dimensional	ice-sheet	models	to	represent	all	ice	on	Earth	or	on	a	single	hemisphere,	and	
different	parameterisations	of	the	relation	between	ice	volume	and	climate	(e.g.	Bintanja	
et	al.,	2005;	van	de	Wal	et	al.,	2011;	de	Boer	et	al.,	2010,	2012;	Stap	et	al.,	2016,	2017).	
More	recent	studies	have	used	more	elaborate	3-D	ice-sheet	models	covering	different	
regions	of	 the	Earth,	using	more	comprehensive	mass	balance	parameterisations	and	
representations	of	the	global	climate	(e.g.	Bintanja	and	van	de	Wal,	2008;	de	Boer	et	al.,	
2013,	2017;	Berends	et	al.,	2019).	
	
The	most	 recent	of	 these	studies,	by	Berends	et	al.	 (2019),	used	a	3-D	 ice-sheet-shelf	
model,	forced	with	output	from	several	different	GCM	simulations	by	a	so-called	“matrix	
method”	of	model	coupling,	 to	 simulate	 the	 last	 four	glacial	 cycles.	They	showed	 that	
their	 results	 agreed	 with	 geomorphological	 and	 proxy-based	 evidence	 of	 ice	 sheet	
volume	and	extent,	benthic	d18O,	deep-water	 temperature,	 ice-sheet	 temperature	and	
atmospheric	CO2.	It	is	their	model	set-up	that	we	use	to	produce	the	results	presented	in	
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the	current	study,	but	then	applied	to	the	last	3.6	Myr	to	produce	a	time-continuous,	self-
consistent	 reconstruction	 of	atmospheric	CO2,	global	 climate,	 ice-sheet	 geometry	 and	
global	mean	sea-level.	The	inverse	modelling	approach	that	was	adopted	to	force	this	
model	with	a	benthic	d18O	record	is	described	in	Sect.	5.2.1.	The	ice-sheet	and	climate	
models	are	described	in	Sects.	5.2.2	and	5.2.3,	respectively,	while	the	matrix	method	used	
to	couple	these	two	models	is	described	in	Sect.	5.2.4.	The	resulting	reconstructions	of	
CO2	ice	volume,	temperature	and	sea-level	over	the	past	3.6	Myr	are	presented	in	Sect.	
5.3	and	discussed	in	Sect.	5.4.	
	
5.2	Methodology
	
5.2.1	Inverse	modelling	
In	order	to	disentangle	the	contributions	to	the	benthic	d18O	signal	from	global	land	ice	
volume	 and	deep-water	 temperature	 changes,	we	use	 the	 inverse	modelling	method	
proposed	by	Bintanja	and	van	de	Wal	(2008)	and	refined	by	de	Boer	et	al.	(2013,	2014,	
2017)	and	Berends	et	al.	(2019).	The	two	contributions	are	not	independent;	both	result	
from	changes	in	the	Earth’s	climate,	driven	by	changes	in	insolation	and	CO2.	The	inverse	
modelling	method	determines	how	CO2	should	have	evolved	over	time	in	order	to	affect	
the	global	climate	in	term	of	temperature	and	precipitation,	which	control	the	evolution	
of	the	ice	sheets,	in	such	a	way	that	they	produce	the	observed	changes	in	benthic	d18O.	
The	modelled	value	for	CO2	is	used,	together	with	the	ice	sheets	simulated	by	the	ice-
sheet	model,	to	determine	the	global	climate	by	using	the	matrix	method	of	model	forcing	
over	time	as	presented	by	Berends	et	al.	(2018)	and	refined	by	Berends	et	al.	(2019)	
which	is	described	in	more	detail	in	Sect.	2.4.	The	resulting	climate	is	used	to	determine	
the	 surface	mass	 balance	 over	 the	 ice	 sheets,	which	 forces	 the	 ice-sheet	model.	 The	
resulting	global	ice	volume	and	deep-water	temperature	anomaly	(which	is	derived	from	
the	 global	 annual	 mean	 surface	 temperature	 using	 a	 moving	 average)	 are	 used	 to	
calculate	a	modelled	value	of	benthic	d18O.	This	approach	is	described	schematically	in	
Fig.	5.2.	The	“climate	matrix”	part	of	the	diagram	is	described	in	more	detail	in	Sect.	5.2.4.	
	
The	modelled	 value	d5Á𝑂«l®	 is	 compared	 to	 the	 observed	 value	d

5Á𝑂lUz .	 A	modelled	
value	that	is	too	low	indicates	that	the	modelled	climate	is	too	warm,	or	the	ice	sheets	
are	too	small.	pCO2	is	then	decreased	in	the	next	time-step,	leading	to	both	a	cooling	and	
a	 subsequent	 increase	 in	 ice	 volume.	 This	 relationship	 is	 quantified	 by	 the	 following	
equation:	
	
	 𝑝𝐶𝑂0 = 	𝑝𝐶𝑂0ÀÀÀÀÀÀÀ + 120 nd5Á𝑂«l® − d5Á𝑂lUz(𝑡 + 0.1	𝑘𝑦)p.	 (5.1)	

	
Here,	𝑝𝐶𝑂0ÀÀÀÀÀÀÀ	is	the	mean	modelled	pCO2	over	the	preceding	8.5	kyr.	In	order	to	calculate	
d5Á𝑂«l®,	the	spatially	variable	isotope	content	of	the	individual	ice-sheets	is	tracked	
through	time,	with	the	surface	isotope	balance	based	on	the	observed	present-day	
relation	between	precipitation	rates	and	isotope	content	according	to	Zwally	and	
Giovinetto	(1997).	 	
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Figure	 5.2:	 A	 conceptual	 visualisation	 of	 the	 inverse	 forward	modelling	 approach.	 The	
model	is	forced	externally	by	an	insolation	reconstruction	and	a	benthic	d18O	record	(black	
boxes).	pCO2	is	changed	based	on	the	difference	between	observed	and	modelled	d18O.	The	
climate	 matrix	 interpolates	 between	 the	 pre-calculated	 GCM	 snapshots,	 based	 on	 the	
prescribed	pCO2	value	and	the	modelled	state	of	the	cryosphere	(ice	thickness	and	albedo),	
to	determine	the	climate	that	 is	used	to	calculate	the	surface	mass	balance	over	the	ice	
sheets.	Figure	adapted	from	Berends	et	al.	(2019).	

Benthic	 d18O	 is	 assumed	 to	 be	 linearly	 dependent	 on	 the	 global	 mean	 deep-water	
temperature	 anomaly,	which	 is	 calculated	 by	 temporally	 smoothing	 the	 global	mean	
surface	 temperature	anomaly	over	 the	preceding	3	kyr.	The	values	of	8.5	kyr	 for	 the	
length	of	the	CO2	averaging	window,	3	kyr	for	the	deep-water	temperature	averaging	
window,	and	120	for	the	d18O-CO2	scaling	parameter,	were	determined	experimentally	
to	accurately	reproduce	the	observed	benthic	d18O	record.	
	
The	combination	of	this	inverse	modelling	method	to	reconstruct	pCO2	and	the	matrix	
method	to	determine	the	global	climate	has	been	shown	to	accurately	reproduce	changes	
in	benthic	d18O	and	the	individual	contributions	from	both	global	ice	volume	and	deep-
water	 temperature,	 as	 well	 as	 ice-sheet	 volume	 and	 extent,	 ice-sheet	 surface	
temperature	and	pCO2	during	the	last	four	glacial	cycles	(Berends	et	al.,	2019).		
	
5.2.2	Ice-sheet	model	
To	simulate	the	evolution	of	the	ice	sheets	we	use	ANICE,	a	coupled	3-D	ice-sheet-shelf	
model	described	in	detail	in	Sect.	2.	Brielfy,	it	combines	the	shallow	shelf	approximation	
(SSA;	Morland,	1987)	for	floating	ice	shelves	with	the	shallow	ice	approximation	(SIA;	
Morland	and	Johnson,	1980)	for	grounded	ice	to	solve	the	ice	flow.	The	surface	mass	
balance	is	calculated	using	an	insolation-temperature	scheme.	The	prescribed	climate	is	
determined	using	a	version	of	the	matrix	method	presented	in	Chapter	3,	which	we	shall	
here	extend	with	several	new	GCM	snapshots.	The	sea-level	equation	solver	SELEN	was	
not	used	for	this	study.	
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5.2.3	Climate	model	
HadCM3	is	a	coupled	atmosphere-ocean	GCM	(Gordon	et	al.,	2000;	Valdes	et	al.,	2017),	
which	 has	 been	 shown	 to	 accurately	 reproduce	 the	 present-day	 climate	 heat	 budget	
(Gordon	et	al.,	2000).	It	has	been	used	for	future	climate	projections	in	the	IPCC	AR4	(e.g.	
Solomon	et	al.,	2007),	and	paleoclimate	reconstructions	such	as	PlioMIP	(Haywood	and	
Valdes,	2003;	Dolan	et	al.,	2011,	2015;	Haywood	et	al.,	2013)	and	PMIP2	(Braconnot	et	
al.,	2007).	Atmospheric	circulation	is	calculated	at	a	resolution	of	2.5	°	latitude	by	3.75	°	
longitude.	The	ocean	is	modelled	at	a	horizontal	resolution	of	1.25	°	by	1.25	°,	with	20	
vertical	layers.	We	use	results	from	several	different	steady-state	time	slice	simulations	
with	HadCM3	of	different	climate	states	to	force	our	ice-sheet	model,	using	the	matrix	
method	explained	in	Sect.	5.2.4.	
	
5.2.4	Matrix	method	
According	to	Pollard	(2010),	a	climate	matrix	is	a	collection	of	pre-calculated	output	data	
from	several	steady-state	GCM	simulations,	called	“snapshots”.	These	snapshots	differ	
from	each	other	in	one	or	more	key	parameters,	such	as	orbital	configuration,	prescribed	
atmospheric	 pCO2,	 or	 ice-sheet	 configuration.	 Each	 of	 these	 constitutes	 a	 separate	
dimension	of	the	matrix.	When	using	an	ice-sheet	model	to	simulate	the	evolution	of	an	
ice	sheet	over	time,	the	prescribed	climate	is	determined	in	every	model	time-step	by	
combining	the	GCM	snapshots	according	to	position	of	the	ice-sheet	model	state	in	the	
climate	matrix.	This	approach	occupies	the	middle	ground	between	offline	forcing	and	
fully	coupled	ice-sheet	–	climate	models.	The	different	GCM	snapshots	contain	the	key	
feedback	effects	of	the	altitude-temperature	and	albedo-temperature.		In	addition,	the	
matrix	method	 captures	 the	 effect	 of	 ice	 sheet	 geometry	 on	 large-scale	 atmospheric	
circulation	 and	 precipitation.	 The	 matrix	 method	 creates	 a	 spatially	 variable	 linear	
interpolation	of	these	snapshots	providing	a	first	order	approach	to	the	strength	of	the	
feedback	 and	 the	 effects	 of	 ice-sheet	 geometry	 on	 atmospheric	 circulation	 and	
precipitation.	
	
In	 this	 study,	 we	 use	 the	matrix	method	 developed	 by	 Berends	 et	 al.	 (2018),	where	
temperature	fields	from	the	different	climate	states	are	combined	based	on	a	prescribed	
value	for	pCO2	and	on	the	internally	modelled	ice-sheets.	The	feedback	of	the	ice	sheets	
on	 the	 climate	 is	 calculated	 via	 the	effect	 on	 absorbed	 insolation	 through	 changes	 in	
surface	albedo.	This	 interpolation	is	carried	out	separately	for	all	 four	ice	sheets.	The	
altitude-temperature	feedback	is	parameterised	by	a	constant	lapse-rate	derived	from	
the	 GCM	 snapshots.	 Precipitation	 fields	 are	 combined	 based	 on	 changes	 in	 surface	
elevation,	 reflecting	 the	 orographic	 forcing	 of	 precipitation	 and	 plateau	 desert	 effect	
caused	by	the	presence	of	a	large	ice-sheet.	The	equations	describing	these	calculations	
are	explained	in	more	detail	by	Berends	et	al.	(2018),	who	demonstrated	the	viability	of	
this	method	by	simulating	the	evolution	of	the	North	American,	Eurasian,	Greenland	and	
Antarctic	 ice-sheets	 throughout	 the	 entire	 last	 glacial	 cycle	 at	 the	 same	 time.	 They	
showed	that	model	results	agree	well	with	available	data	in	terms	of	 ice-sheet	extent,	
sea-level	contribution,	ice-sheet	surface	temperature	and	contribution	to	benthic	d18O.	
Here,	we	apply	this	matrix	method	to	the	climate	matrix	created	by	Berends	et	al.	(2019),	
consisting	of	eleven	pre-calculated	GCM	snapshots,	created	with	HadCM3.	Two	of	these,	
produced	by	 Singarayer	and	Valdes	 (2010),	 respectively	 represent	 the	 pre-industrial	
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period	(PI)	and	the	last	glacial	maximum	(LGM).	The	other	nine,	produced	by	Dolan	et	al.	
(2015),	represent	the	global	climate	during	Marine	Isotope	Stage	(MIS)	M2	(3.3	My	ago),	
for	four	different	possible	ice-sheet	geometries	and	two	different	pCO2	concentrations,	
plus	one	Pliocene	control	run.	The	total	set	of	eleven	snapshots	allows	the	climate	matrix	
to	disentangle	the	effects	on	climate	off	changes	in	pCO2	and	changes	in	ice-sheet	extent,	
and	provides	information	on	climates	that	are	both	colder	and	warmer	than	present-day.	
	
5.3	Experimental	set-up	and	results		
	
Here,	we	describe	a	set	of	simulations	from	3.6	Myr	ago	to	the	present	day.	The	choice	
for	this	starting	point	was	made	so	as	to	include	the	end	of	the	Late	Pliocene	and	the	
inception	 of	 the	 Pleistocene	 glacial	 cycles.	 The	 model	was	 initialised	with	 the	 same	
PRISM3	 ice	 sheets	 that	were	 used	as	 boundary	 conditions	 in	 several	 of	 the	HadCM3	
simulations	by	Dolan	et	al.	(2015)	that	were	included	in	the	climate	matrix.	The	model	
was	forced	with	the	LR04	stack	of	benthic	d18O	records	(Lisiecki	and	Raymo,	2005).	We	
chose	here	to	perform	three	simulations:	one	“default”	run,	one	with	the	d18O	forcing	
adjusted	upwards	by	0.1	‰	and	one	with	the	forcing	adjusting	downwards	by	0.1	‰,	as	
this	 uncertainty	 dominates	 the	 total	 uncertainty	 in	 the	 reconstructed	CO2	 and	 global	
mean	 sea-level.	 Since	 simulating	 such	 long	 periods	 of	 time	 is	 very	 computationally	
demanding,	we	decided	that	the	added	value	of	including	other	simulations	(as	in	the	
ensemble	by	Berends	et	al.	(2019))	did	not	outweigh	the	computational	cost.	As	a	result,	
uncertainties	are	conservative	in	this	study.	
	
The	resulting	reconstruction	of	CO2	and	global	mean	sea-level,	 together	with	the	d18O	
forcing,	are	shown	in	Fig.	5.3.	The	much	larger	uncertainty	for	higher	CO2	concentrations	
during	this	period	is	due	to	the	relative	sparsity	of	the	climate	matrix	for	warmer-than-
present	states	(three	snapshots	only)	compared	to	the	colder-than-present	part	(seven	
snapshots).	Between	2.8	and	1.2	Myr	ago,	during	the	early	Pleistocene,	we	simulate	40	
kyr	glacial	 cycles	with	glacial-interglacial	 sea-level	 changes	of	25	–	50	m.	During	 this	
period,	CO2	varies	between	270	–	280	ppmv	during	interglacials	and	210	–	240	ppmv	
during	 glacial	maxima.	 After	 the	Mid-Pleistocene	 Transition	 (MPT),	 when	 the	 glacial	
cycles	change	from	40	kyr	to	80/120	kyr	cyclicity,	the	sea-level	amplitude	increases	to	
70	–	120	m,	with	CO2	varying	between	260	–	280	ppmv	during	interglacials	and	180	–	
200	ppmv	during	glacial	maxima.	
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Figure	5.3:	Observed	benthic	d18O	(black;	Lisiecki	and	Raymo,	2005)	and	reconstructed	CO2	
(brown)	and	global	mean	sea-level	 (blue)	 for	 the	entire	3.6	Myr	 simulation	period.	The	
present-day	values	for	the	three	variables	(pre-industrial	value	of	280	ppmv	for	CO2)	are	
shown	by	horizontal	dashed	lines.	

The	modelled	sea-level	is	compared	to	several	other	reconstructions	in	Fig.	5.4.	Shown	
are	the	reconstructions	based	on	planktic	d18O	in	the	Red	Sea	(Grant	et	al.,	2014)	and	in	
the	Mediterranean	d18O	(Rohling	et	al.,	2014),	which	respectively	cover	the	last	500	kyr	
and	5.5	Myr.	The	reconstruction	by	de	Boer	et	al.	(2014)	is	based	on	an	ice-sheet	model-
based	decomposition	of	the	benthic	d18O	signal,	very	similar	to	the	work	presented	here.	
The	main	difference	is	the	climate	forcing	applied	to	the	ice-sheet	model,	which	by	de	
Boer	et	al.	(2014)	was	described	by	a	simple	globally	uniform	temperature	offset,	and	
which	was	replaced	by	the	climate	matrix	approach	plus	inversely	modelled	CO2	in	our	
work.	Despite	this	improvement	in	the	climate	forcing,	which	resulted	in	a	simulated	ice-
sheet	at	LGM	which	agrees	better	with	geomorphological	evidence	(Berends	et	al.,	2018),	
the	 sea-level	 reconstructions	 are	 virtually	 indistinguishable.	 The	 reconstruction	 by	
Willeit	et	al.	(2019)	shown	in	Fig.	5.4	is	based	on	a	fully	coupled	ice-sheet	–	climate	–	
carbon	cycle	model,	 forced	only	with	 insolation.	However,	 their	 ice-sheet	model	only	
simulated	 the	Northern	Hemisphere,	 so	 any	 possible	contribution	 from	Antarctica	 to	
changes	in	sea-level,	especially	during	the	warm	Late	Pliocene,	is	not	accounted	for	in	
their	reconstruction.	The	reconstruction	by	Elderfield	et	al.	(2012)	was	made	using	a	
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Mg/Ca-based	 reconstruction	 of	 sea	 surface	 temperature,	 which	 was	 then	 used	 to	
disentangle	the	ice	volume	and	deep-sea	temperature	signals	in	the	benthic	d18O	record.	
Lastly,	the	reconstruction	by	Naish	et	al.	(2009),	adjusted	by	Miller	et	al.	(2012)	to	match	
results	from	geological	backstripping	in	New	Zealand,	suggests	a	relatively	stable	sea-
level	during	the	late	Pliocene,	3.4	–	2.58	Myr	ago,	which	agrees	well	with	our	results.	
Rohling	et	al.	(2014),	arguing	that	geological	backstripping	can	provide	information	on	
relative	changes	 in	 sea-level	but	not	on	absolute	values,	added	a	+20	m	offset	 to	 the	
results	by	Miller	et	al.	 (2012),	which	made	 those	results	agree	better	with	 their	own	
reconstruction	from	the	Mediterranean	Sea.	However,	our	own	results	are	reasonably	
close	those	by	Miller	et	al.	(2012)	over	the	period	between	3.4	and	2.6	My	ago	without	
requiring	such	a	correction.	The	strong	variability	in	global	mean	sea-level	visible	in	the	
results	 of	 Rohling	 et	 al.	 (2014)	 during	 this	 period,	 which	 suggests	 the	 repeated	
disappearance	and	reappearance	of	most	of	the	East	Antarctic	ice	sheet,	is	not	visible	in	
the	data	of	Miller	et	al.	(2012),	nor	in	our	own	results.	
	

	
Figure	5.4:	Reconstructed	global	mean	sea-level	for	the	entire	simulation	period	(black),	
compared	to	reconstructions	based	on	Red	Sea	d18O	(Grant	et	al.,	2014;	red),	Mediterranean	
d18O	(Rohling	et	al.,	2014;	yellow),	an	ice-sheet	model-based	inversion	of	the	global	benthic	
d18O	similar	to	this	study	(de	Boer	et	al.,	2014;	blue),	an	insolation-forced,	fully	coupled	ice-
sheet	–	climate	–	carbon-cycle	model	(Willet	et	al.,	2019;	green),	a	separation	of	the	ice-	
and	 temperature-induced	 d18O	 signals	 based	 on	 Mg/Ca	 ratios	 (Elderfield	 et	 al.,	 2012;	
purple),	 and	 a	 direct	 scaling	 of	 benthic	 d18O	 scaled	 to	 match	 results	 from	 geological	
backstripping	(Miller	et	al.,	2012;	Naish	et	al.,	2009;	dark	red).	The	present-day	value	of	
zero	is	shown	by	a	dashed	line.	

The	CO2	reconstruction	for	the	past	800	kyr	is	compared	to	the	EPICA	Dome	C	ice	core	
record	(Lüthi	et	al.,	2008)	in	Fig.	5.5,	as	well	as	to	several	different	model	reconstructions	
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and	proxy-based	reconstructions.	The	three	other	model-based	reconstructions	shown	
were	created	by	decoupling	the	benthic	d18O	signal	using	a	1-D	ice-sheet	model	(van	de	
Wal	et	al.,	2011;	Stap	et	al.,	2017),	or	by	using	an	insolation-forced,	 fully	coupled	ice-
sheet	–	climate	–	carbon	cycle	model	(Willeit	et	al.,	2019).	The	geological	proxies	are	all	
derived	from	benthic	foraminifera,	based	either	on	alkenones	(Seki	et	al.,	2010;	Badger	
et	al.,	2013;	Zhang	et	al.,	2013)	or	d11B	ratios	(Seki	et	al.,	2010;	Martı́nez-Botı́	et	al.,	2015;	
Stap	et	al.,	2016;	Chalk	et	al.,	2017;	Dyez	et	al.,	2018;	Sosdian	et	al.,	2018).	
	

	
Figure	5.5:	Reconstructed	atmospheric	CO2	for	the	entire	simulation	period,	compared	to	
the	EPICA	Dome	C	ice	core	record	(Lüthi	et	al.,	2008),	two	different	reconstructions	based	
on	ice-sheet-climate	models	forced	with	benthic	d18O,	similar	to	our	work	(van	de	Wal	et	
al.,	2011;	Stap	et	al.,	2017),	as	well	as	to	chemical	proxies	based	on	alkenones	(Seki	et	al.,	
2010;	Badger	et	al.,	2013;	Zhang	et	al.,	2013)	and	11B	ratios	(Seki	et	al.,	2010;	Martínez-
Botí	et	al.,	2015;	Stap	et	al.,	2016;	Chalk	et	al.,	2017;	Dyez	et	al.,	2018;	Sosdian	et	al.,	2018).	
The	pre-industrial	value	of	280	ppmv	is	shown	by	a	dashed	line.	

The	correlation	between	our	reconstruction	and	the	data	from	the	EPICA	Dome	C	ice	
core	 record	has	a	value	of	R2	=	0.68	and	RMSE	=	15.3	ppmv	over	 the	entire	800	kyr	
period,	indicating	a	good	agreement.	The	correlation	coefficients	between	all	four	model-
based	reconstructions	and	the	EPICA	Dome	C	ice	core	record	are	listed	in	Table	5.1.	Our	
results	broadly	match	those	of	van	de	Wal	et	al.	(2011),	who	reconstructed	CO2	using	1-
D	ice	models,	forced	with	a	simple	spatially	uniform	temperature	offset	(assuming	the	
strength	 of	 all	 feedbacks	 in	 the	 CO2-temperature	 relation	 to	 be	 constant	 in	 time)	
calculated	from	benthic	d18O	using	a	similar	inverse	forward	modelling	approach.	Both	
our	results	and	those	of	van	de	Wal	et	al.	(2011)	show	values	during	the	late	Pliocene	
that	were	higher	than	pre-industrial,	but	lower	than	present-day	(412	ppmv	at	the	date	
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of	writing),	 though	 the	 values	 by	 van	de	Wal	 et	al.	 (2011)	 are	 at	 the	 low	 end	 of	 the	
uncertainty	of	our	own	results,	as	can	be	seen	in	Fig.	6.	Stap	et	al.	(2017)	used	a	1-D	ice-
sheet	model	 set-up	very	similar	 to	 that	by	van	de	Wal	et	al.	 (2011),	but	used	a	more	
elaborate	 energy-balance	 model	 to	 represent	 the	 global	 climate.	 Their	 results	 differ	
markedly	from	ours,	and	those	of	van	de	Wal	et	al.	(2011).	The	reconstruction	by	Willeit	
et	al.	(2019),	who	used	a	coupled	ice-sheet	–	climate	–	carbon	cycle	model,	agrees	with	
ours	and	that	by	van	de	Wal	et	al.	(2011)	in	terms	of	the	glacial-interglacial	amplitude	
both	before	and	after	the	MPT.	However,	the	downward	linear	trend	in	pCO2,	which	they	
prescribed	manually	to	induce	the	inception	of	northern	hemisphere	glaciation	at	2.6	
Myr	ago,	is	not	visible	in	the	other	reconstructions.	During	the	Early	Pleistocene	(2.58	–	
1.2	 Myr	 ago),	 we	 find	 a	 reduced	 glacial-interglacial	 difference	 in	 CO2	 of	 46	 ppmv	
(averaged	 over	 the	 entire	 1.38	 Myr	 period).	 The	 values	 for	 all	 four	 model-based	
reconstructions,	both	before	and	after	the	MPT,	are	shown	in	Table	1.	After	the	MPT,	we	
find	a	glacial-interglacial	difference	of	85	ppmv,	which	agrees	very	well	with	the	value	of	
86	ppmv	over	the	past	800	kyr	from	the	EPICA	Dome	C	ice	core	record.	
	
Table	5.1:	Statistical	 comparison	of	 the	different	model-based	CO2	 reconstructions	 (this	
study;	van	de	Wal	et	al.,	2011;	Stap	et	al.,	2017;	Willeit	et	al.,	2019)	to	the	EPICA	Dome	C	
ice	core	record,	as	well	as	the	glacial-interglacial	amplitude	in	CO2	both	before	and	after	
the	MPT	for	the	different	reconstructions.	

	 EPICA	 This	study	 Wal2011	 Stap2017	 Willeit2019	
model-EPICA	R2	 -	 0.68	 0.62	 0.25	 0.25	
model-EPICA	RMSE	(ppmv)	 -	 15.3	 16.2	 30.5	 24.7	
pre-MPT	amplitude	(ppmv)	 -	 46	 31	 75	 38	
post-MPT	amplitude	(ppmv)	 86	 85	 74	 103	 72	
	
None	of	the	model-based	reconstructions	agree	with	the	different	reconstructions	based	
on	alkenones	and	 11B	ratios.	A	 recent	 study	by	Badger	et	al.	 (2019)	showed	 that	 the	
alkenone	proxy	has	only	a	very	low	sensitivity	to	atmospheric	CO2	at	low	to	moderate	
CO2	concentrations,	stating	that	the	reliability	of	this	proxy	for	values	lower	than	~350	
ppmv	(the	entire	Pleistocene	and	large	parts	of	the	Late	Pliocene)	is	doubtful.	However,	
even	when	we	disregard	all	those	data	points,	the	level	of	disagreement	between	the	
different	boron-based	proxies	is	such	that	using	them	to	validate	or	invalidate	our	results	
is	not	possible.	
	
5.4.	Conclusions	and	discussion	
We	 have	 presented	 a	 new,	 time-continuous,	 self-consistent	 reconstruction	 of	
atmospheric	CO2,	ice	sheet	evolution	and	global	mean	sea-level	of	the	last	3.6	Myr.	This	
reconstruction	was	created	by	using	a	hybrid	ice-sheet	–	climate	model	(Berends	et	al.,	
2018)	to	decouple	the	contributions	from	ice	volume	and	deep-water	temperature	to	the	
benthic	d18O	record	(Lisiecki	and	Raymo,	2005).	Between	2.8	and	1.2	Myr	ago,	during	the	
early	 Pleistocene,	we	 simulate	 40	 kyr	 glacial	 cycles	with	 glacial-interglacial	 sea-level	
changes	of	25	–	50	m.	During	this	period,	CO2	varies	between	270	–	280	ppmv	during	
interglacials	 and	 210	 –	 240	 ppmv	 during	 glacial	 maxima.	 After	 the	 Mid-Pleistocene	
Transition	(MPT),	when	the	glacial	cycles	change	from	40	kyr	to	80/120	kyr	cyclicity,	
their	sea-level	amplitude	increases	to	70	–	120	m,	with	CO2	varying	between	260	–	280	
ppmv	during	interglacials	and	180	–	200	ppmv	during	glacial	maxima.	
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Our	sea-level	reconstruction	agrees	well	with	similar	model-based	results	(de	Boer	et	al.,	
2014),	the	reconstruction	based	on	Red	Sea	d18O	by	Grant	et	al.	(2014)	and	the	combined	
results	of	benthic	d18O	 (Naish	et	al.,	2009)	and	geological	backstripping	 (Miller	et	al.,	
2012).	Our	results	agree	less	well	with	the	reconstruction	based	on	Mediterranean	Sea	
d18O	(Rohling	et	al.,	2014),	which	goes	back	further	in	time	but	has	a	 lower	signal-to-
noise	 ratio,	 and	 with	 the	 reconstruction	 based	 on	 benthic	 d18O	 and	 Mg/Ca	 ratios	
(Elderfield	et	al.,	2012).	Although	previous	studies,	like	van	de	Wal	et	al.	(2011),	de	Boer	
et	 al.	 (2014)	 and	 Stap	 et	 al.	 (2017),	 used	more	 simple,	 parameterised	 ice-sheet	 and	
climate	models,	the	resulting	sea-level	reconstructions	are	very	similar.	
	
Our	CO2	reconstruction	agrees	well	with	the	EPICA	Dome	C	ice	core	record	(Lüthi	et	al.,	
2008),	showing	the	strongest	correlation	of	all	four	model-based	reconstructions.	Our	
results	 do	 not	 agree	well	with	 different	 chemical	 proxy-based	 reconstructions	 based	
either	on	alkenones	(Seki	et	al.,	2010;	Badger	et	al.,	2013;	Zhang	et	al.,	2013)	or	on	11B	
ratios	(Seki	et	al.,	2010;	Martı́nez-Botı́	et	al.,	2015;	Stap	et	al.,	2016;	Chalk	et	al.,	2017;	
Dyez	 et	 al.,	 2018;	 Sosdian	 et	 al.,	 2018).	 However,	 the	 strong	 spread	 between	 those	
different	 proxies	 and	 the	 large	 uncertainty	 of	 each	 proxy	 do	 not	 allow	 to	 conclude	
whether	the	difference	between	those	proxies,	and	our	model	reconstructed	values	is	
significant.
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6.	 A	 computationally	 efficient	 depression-filling	
algorithm	 for	 digital	 elevation	 models	 applied	 to	
proglacial	lake	drainage	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
	
This	 chapter	 is	 based	 on:	 Berends,	 C.	 J.	 and	 van	de	Wal,	 R.	 S.	W.:	 A	 computationally	
efficient	depression-filling	algorithm	for	digital	elevation	models,	applied	to	proglacial	
lake	drainage,	Geosci.	Model	Dev.,	9,	4451-4460,	https://doi.org/10.5194/gmd-9-4451-
2016,	2016.	
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Many	processes	govern	the	deglaciation	of	ice	sheets.	One	of	the	processes	that	is	usually	
ignored	is	the	calving	of	ice	in	lakes	that	temporarily	surround	the	ice	sheet.	In	order	to	
capture	this	process	a	flood-fill	algorithm	is	needed.	Here	we	present	and	evaluate	several	
optimizations	to	a	standard	flood-fill	algorithm	in	terms	of	computational	efficiency.	As	an	
example,	we	determine	the	land/ocean-mask	for	a	1	km	resolution	digital	elevation	model	
(DEM)	of	North	America	and	Greenland,	a	geographical	area	of	roughly	7000	by	5000	km	
(roughly	35	million	elements),	about	half	of	which	is	covered	by	ocean.	Determining	the	
land/ocean-mask	with	our	improved	flood-fill	algorithm	reduces	computation	time	by	90	
%	relative	to	using	a	standard	stack-based	flood-fill	algorithm.	This	implies	that	it	is	now	
feasible	 to	 include	 the	calving	of	 ice	 in	 lakes	as	a	dynamical	process	 inside	an	 ice	 sheet	
model.	 We	 demonstrate	 this	 by	 using	 bedrock	 elevation,	 ice	 thickness	 and	 geoid	
perturbation	 fields	 from	the	output	of	a	 coupled	 ice-sheet	 -	 sea-level	 equation	model	at	
30,000	 years	 before	 present	 and	 determine	 the	 extent	 of	 Lake	 Agassiz,	 using	 both	 the	
standard	 and	 improved	 versions	 of	 the	 flood-fill	 algorithm.	 We	 show	 that	 several	
optimizations	to	the	flood-fill	algorithm	used	for	filling	a	depression	up	to	a	water	level,	
that	is	not	defined	at	forehand,	decrease	the	computation	time	by	up	to	99	%.	The	resulting	
reduction	 in	 computation	 time	 allows	 determination	 of	 the	 extent	 and	 volume	 of	
depressions	in	a	DEM	over	large	geographical	grids	or	repeatedly	over	long	periods	of	time,	
where	computation	time	might	otherwise	be	a	limiting	factor.	The	algorithm	can	be	used	
for	all	glaciological	and	hydrological	models,	which	need	to	trace	the	evolution	over	time	
of	lakes	or	drainage	basins	in	general.
	
6.1	Introduction	
	
Changes	 in	 lake	 extent	 over	 time	 play	 an	 important	 role	 in	 hydrology	 (Renssen	 and	
Knoop,	 2000),	 palaeo	 climatology	 (Krinner	 et	 al.,	 2004,	 Goelzer	 et	 al.,	 2012)	 and	
glaciology	 (Marshall	 et	 al.,	 1999,	 Tarasov	 and	 Peltier,	 2006).	 For	 this	 reason	 it	 is	
important	to	track	such	changes	in	water	routing	and	drainage	inside	dynamical	models,	
particularly	if	major	changes	in	the	boundary	conditions	(topography,	ice	extent,	ocean	
volume)	 take	 place	 over	 time.	 Several	 studies	 have	 underlined	 the	 importance	 of	
accounting	for	depressions	when	creating	such	drainage	maps	(Zhu	et	al.,	2006,	Arnold,	
2010).	
	
An	important	example	is	the	routing	of	melt-water	and	the	drainage	of	proglacial	lakes	
that	formed	near	the	margins	of	the	Laurentide	ice-sheet.	The	retreat	of	the	Laurentide	
ice-sheet	during	the	last	deglaciation	and	the	corresponding	release	of	 large	fluxes	of	
fresh	water	 into	 the	Arctic	 Sea	and	 the	 northern	Atlantic	Ocean	have	 been	 linked	 to	
climatic	 events	 through	 disrupting	 the	 Atlantic	 Meridional	 Overturning	 Circulation	
(Barber	et	al.,	1999,	Clark	et	al.,	2001,	Li	et	al.,	2012,	Tarasov	and	Peltier,	2005,	Teller	et	
al.,	2002).	Melt-water	from	the	remnants	of	Northern	Hemisphere	ice-sheets	has	also	
shown	to	have	influenced	the	climate	system	during	the	previous	interglacial	(Stone	et	
al.,	2016).	
	
Many	 studies	 have	 focused	 on	 reconstructing	 the	 direction	 and	 magnitude	 of	 the	
freshwater	flux	from	geological	data	(Broecker	et	al.,	1989,	Hillaire-Marcel	et	al.,	2007,	
LaJeunesse	and	St.-Onge,	2008,	Törnqvist	et	al.,	2004).	More	recently	these	freshwater	
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fluxes	 have	 been	 estimated	 by	 stand-alone	 ice-sheet	 models	 (Goelzer	 et	 al.,	 2012,	
Marshall	et	al.,	1999,	Tarasov	and	Peltier,	2006).	
	
Due	to	the	influence	of	the	local	topography,	part	of	the	melt-water	from	the	retreating	
ice-sheet	was	 not	 directly	 released	 into	 the	 ocean	 system	 but	 temporarily	 stored	 in	
proglacial	lakes,	the	largest	of	which	is	Lake	Agassiz,	along	the	southern	margin	of	the	
ice-sheet.	 Lake	 Agassiz	 is	 estimated	 to	 have	 covered	 7.1×105	 km2	 and	 contained	
approximately	1.4×1014	m3	of	water	or	0.4	m	global	mean	sea-level	equivalent	around	
8.4	kyr	BP,	immediately	prior	to	its	catastrophic	drainage	(Kendall	et	al.,	2008).	The	size	
of	the	flood	is	however	poorly	constrained	and	higher	numbers	have	also	been	published	
(e.g.	Hijma	and	Cohen,	2010).	It	is	therefore	important	to	accurately	model	the	extent	
and	volume	of	the	lake	over	time,	since	the	presence	of	the	lake	affects	both	the	timing	
and	location	of	the	melt-water	release	into	the	ocean	system,	as	well	as	the	local	climate	
(Krinner	et	al.	2004,	Tarasov	and	Peltier,	2006).	
	
In	order	to	model	the	extent	and	volume	of	the	lake	and	the	drainage	water	flux	and	
drainage	 location	 over	 time	 we	 first	 need	 to	 define	 a	 land/ocean-mask.	 This	 mask	
delineates	areas	below	sea	level,	which	are	connected	to	the	open	ocean	from	the	land	
points,	which	may	change	over	time.	Large	changes	occur	for	example,	where	the	ice-
sheet	 at	 times	 covers	most	 of	 the	 Canadian	 Archipelago	 or	 block	 the	 Hudson	 Strait.	
Changes	in	this	mask	change	the	location	where	outflow	from	the	lake	reaches	the	sea	
over	time.	Besides	determining	the	land/ocean	mask	we	need	to	fill	the	depressions	in	
the	surface	topography	to	determine	the	extent	and	volume	of	the	lake(s).	Both	these	
problems	-	determining	a	land/ocean-mask	and	determining	the	volume	of	a	lake	filling	
a	 depression	 -	 are	 solved	 using	 so-called	 “flood-fill	 algorithms”.	 Given	 an	 array	 of	
elements	that	individually	may	or	may	not	satisfy	a	certain	threshold	condition,	a	flood-
fill	 algorithm	 determines	 which	 elements	 of	 the	 set	 have	 a	 neighbour-to-neighbour	
connection	to	a	given	“seed	element”	that	passes	only	through	elements	that	satisfy	the	
threshold	condition.	The	land/ocean-mask,	for	example,	consists	of	the	set	of	elements	
that	have	such	a	connection	 to	 the	open	ocean,	where	 the	 threshold	condition	 is	met	
when	the	surface	elevation	of	an	element	lies	below	sea	level.	
	
When	 applying	 commonly	 used	 flood-fill	 algorithms	 (Arnold,	 2010,	 Doll	 and	 Lehner,	
2002,	 Tarboton	 et	 al.,	 1991,	 Zhu	 et	 al.,	 2006)	 to	 a	 problem	 involving	 such	 large	
geographical	grids	and	long	time-scales,	computation	time	can	become	a	limiting	factor,	
particularly	 when	 the	 geometry	 is	 changing	 over	 time	 and	 the	 procedure	 has	 to	 be	
repeated	over	many	time	steps.	
	
In	this	study,	we	describe	and	evaluate	several	improvements	to	a	standard	algorithm	
for	filling	depressions	in	a	DEM	in	order	to	improve	the	computational	efficiency.	The	
improved	 algorithm	 is	 applied	 to	 a	 1	 km	 resolution	DEM,	 including	 an	 ice	 thickness	
distribution	of	North	America	30,000	years	ago	generated	by	an	ice	sheet	model	in	such	
a	way	as	to	create	boundary	conditions	allowing	for	the	formation	of	a	very	large	lake.	
We	determine	both	the	land/ocean-mask	and	the	size	and	extent	of	the	proglacial	lake	
for	 this	 glacial	 configuration	 and	 compare	 the	 required	 computation	 time	 with	 the	
default	 flood-fill	 algorithm	 as	 presented	 by	 Zhu	 et	 al.	 (2006)	 and	with	 the	 drainage	
pointer	approach	presented	by	Tarasov	and	Peltier	(2006).
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6.2	Methodology	
	
6.2.1	Default	algorithm	
The	problem	of	filling	a	depression	up	to	a	pre-defined	level	can	be	envisioned	as	filling	
a	hole	in	a	true/false-mask	(whether	or	not	the	local	topography	is	below	the	a	priori	
chosen	water	 level	of	 the	 lake	or	ocean.	There	are	several	algorithms	 for	 solving	 this	
problem,	 generally	 known	 as	 “flood-fill”	 algorithms	 (Zhu	 et	 al.,	 2006).	 They	 are	
commonly	known	for	their	use	in	the	“bucket”	tool	of	several	paint	programs.	A	thorough	
description	 of	 the	 stack-based	 flood-fill	 algorithm	 is	 given	 by	 Zhu	 et	 al.	 (2006).	 The	
default	algorithm	as	used	by	Zhu	et	al.	(2006)	starts	with	a	“seed”,	defined	as	a	designated	
element	 from	 where	 neighbouring	 elements	 are	 flooded.	 In	 many	 hydrological	
applications,	the	seed	will	be	a	local	minimum	in	a	DEM.	Beside	the	seed	element,	the	
algorithm	builds	a	 “stack”,	which	 is	an	 array	 listing	 the	 indices	 of	 the	map	elements.	
During	each	iteration	of	the	algorithm,	all	stack	elements	are	checked.	If	the	elevation	of	
a	stack	element	is	below	the	water	level,	the	element	is	filled	with	water	and	it	is	removed	
from	the	stack	and	consequently	all	its	neighbours	are	added	to	the	stack,	thus	expanding	
the	filled	area	outwards.	If	the	element	does	not	lie	below	the	water	level	it	is	removed	
from	the	stack	without	any	further	action.	The	iterations	are	continued	until	the	stack	is	
empty	and	the	elements	below	the	water	level	are	identified.	
Once	the	horizontal	extent	of	the	lake	has	thus	been	determined,	its	volume	is	calculated	
by	integrating	the	water	depth	over	the	calculated	area.	
	
A	pseudo-code	example	of	this	algorithm	is	illustrated	below.	A	step-by-step	illustration	
of	one	iteration	of	the	algorithm	being	applied	to	a	simple	true/false	mask	is	shown	in	
Figure	6.1.	
	

stack = seed 
 
WHILE (stack is not empty) 
 FOR (all elements in stack) 
  IF (stack element lies below water level) 
   remove element from stack 
   FOR (8 neighbours of stack element) 
    IF (neighbour is not filled and is not in stack) 
     add neighbour to stack 
    END IF 
   END FOR 
  END IF 
 END FOR 
END WHILE 
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Figure	 6.1:	 An	 illustration	 of	 the	 default	 flood-fill	 algorithm.	Dark	 green:	unfilled;	 light	
green:	stack;	blue:	filled.	Black	line:	shoreline.	A:	the	algorithm	starts	at	the	first	element	in	
the	stack	(marked	with	X).	B:	the	element	is	found	to	meet	the	fill	criterion	and	is	filled.	Its	
immediate	neighbours	(marked	1	to	5)	are	now	inspected.	Neighbours	1	and	2	are	not	yet	
in	the	stack	and	so	they	are	added.	Neighbour	3	is	already	in	the	stack	and	neighbours	4	
and	5	are	already	filled.	C:	result	of	checking	the	five	neighbours.	D:	The	algorithm	now	
moves	on	the	next	element	in	the	stack	(marked	with	X),	which	is	consequently	filled	and	its	
top-right	neighbour	is	added	to	the	stack.	E:	The	next	element	in	the	stack	is	found	not	to	
meet	the	fill	criterion	(since	it	lies	above	sea	level)	and	so	it	is	removed	from	the	stack.	F:	
The	result	after	inspecting	the	whole	stack	once.	G:	The	result	after	inspecting	the	whole	
stack	again.	H:	The	result	after	inspecting	the	whole	stack	again.	I:	The	final	result.	
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The	number	of	operations	required	for	filling	a	hole	with	this	algorithm	is	approximately	
proportional	to	the	number	of	elements	of	the	depression.	This	means	that	application	
to	 a	 very	 large	 area	with	a	 high	 resolution	 results	 in	 a	 long	 computation	 time,	 since	
doubling	the	resolution	in	the	horizontal	plane	will	quadruple	the	number	of	operations.	
Determining	 the	 land/ocean-mask	 of	 a	 DEM	 using	 this	 algorithm	 is	 straightforward,	
since	 the	water	 level	 (the	 elevation	 of	 the	water	 surface	with	 respect	 to	 the	 Earth’s	
centre)	that	determines	the	fill	criterion	for	all	elements	is,	by	definition,	at	sea	level.	For	
a	lake	where	the	water	inflow	is	not	balanced	by	evaporation,	the	water	level	depends	
on	 the	 topography	 surrounding	 the	 depression.	 The	water	 level	 is	 then	 equal	 to	 the	
elevation	of	the	“spill-over	point”	-	the	origin	of	the	river	that	transports	spill-over	from	
the	lake	to	the	open	ocean.	The	only	way	to	determine	the	location	of	this	point,	and	
therefore	the	water	level	of	the	lake,	is	to	start	at	the	chosen	local	minimum	in	the	DEM	
and	to	iteratively	increase	the	water	level	until	this	spill-over	point	is	reached.	In	the	case	
where	evaporation	balances	inflow,	such	as	for	several	large	present-day	inland	seas,	the	
water	level	should	be	increased	iteratively	until	the	integrated	evaporation	over	the	lake	
matches	the	inflowing	water	flux.	
	
A	pseudo-code	example	of	this	algorithm	is	illustrated	below.		
	

water level = 0 
 
WHILE (threshold is not reached) 
 increase water level 
 perform flood-fill 
END WHILE 

	
The	 threshold	 condition	 can	 be	 the	 overflowing	 of	 the	 lake	 into	 the	 sea,	 the	 total	
evaporation	over	the	lake	balancing	total	water	influx,	or	any	other	logical	condition.	
Depending	on	the	vertical	resolution	of	the	DEM	and	the	accuracy	required	to	determine	
the	lake	depth,	such	a	calculation	requires	dozens	to	hundreds	of	iterations.	This	is	not	
always	a	restriction	for	practical	applications	where	one	is	interested	in	the	water	runoff	
pathways	and	drainage	basins	for	a	given	DEM.	However,	when	performing	an	ensemble	
of	simulations,	or	a	simulation	where	the	topography	changes	over	time,	reducing	the	
computation	time	can	be	crucial	for	the	performance	and	feasibility	of	the	application	
and	optimizations	are	required.	In	the	next	paragraph	we	present	several	optimizations	
to	the	standard	flood-fill	algorithm	as	described	above,	which	reduce	computation	time	
considerably	for	map	with	a	large	area	or	a	high	resolution.	
	
6.2.2	Optimizations	
6.2.2.1	Low-resolution	block	inspection	
When	 filling	 a	 depression	 to	 a	 pre-determined	 water	 level,	 we	 strongly	 reduce	 the	
number	 of	 operations	 by	 starting	 with	 creating	 a	 lower	 resolution	 “maximum	
topography”	map.	For	example,	any	element	of	a	4	km	maximum	topography	map	will	
contain	 the	 highest	 value	 of	 the	 corresponding	 4	 x	 4	 block	 of	 1	 km	 elements.	
Consequently,	 we	 apply	 the	 flood-fill	 algorithm	 to	 this	 lower	 resolution	 map.	 If	 the	
highest	element	of	a	4	km	x	4	km	square	 lies	below	 the	water	 level,	all	 sixteen	1	km	
elements	must	do	as	well,	implying	all	of	them	can	be	flooded	at	once.	This	step	yields	a	
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first	 coarse	 filling	scheme	without	 testing	each	 individual	element	at	 the	 final	higher	
resolution.	
	
When	 this	 part	 of	 the	 algorithm	 is	 finished,	 some	 elements	 may	 not	 yet	 be	 flooded	
whereas	 they	 should	 be,	 but	 the	 large	majority	 of	 them	 will	 be	 filled	 already	 if	 the	
distribution	is	not	too	scattered.	To	identify	those	elements	that	still	need	to	be	flooded,	
we	take	this	intermediate	map	and	stack	from	the	4	km	fill,	and	use	these	as	a	starting	
point	for	a	1	km	fill.	Applied	to	the	1	km	map,	the	algorithm	will	only	have	to	fill	in	the	
“fringes”	of	the	depression	-	a	much	smaller	area	than	the	part	already	processed	at	low-
resolution.	Figure	2	illustrates	this.	
	
In	Fig.	6.2,	the	1	km	true/false-mask	is	shown	as	a	black	overlay	in	all	panels.	The	4	km	
stack	(light	green)	is	initiated	with	a	seed	in	the	lower	left	corner	of	the	map,	panel	A.	
The	4	km	algorithm	expands	from	this	seed	until	no	more	elements	can	be	added.	The	
final	map	(blue)	and	stack	(light	green)	are	shown	in	panel	B.	These	are	then	converted	
to	their	1	km	equivalent,	shown	in	panel	C.	As	can	be	seen,	the	conversion	conserves	the	
filled	elements.	The	1	km	algorithm	then	continues	from	this	map	and	stack	until	no	more	
elements	can	be	added.	The	resulting	map	and	stack	coincides	with	the	1	km	true/false-
mask	 in	 panel	 D.	 The	 decrease	 in	 computation	 time	 resulting	 from	 using	 the	 high-
resolution	algorithm	is	larger	than	the	additional	computation	time	required	to	create	
the	 low-resolution	map	and	 to	convert	 the	 low-resolution	stack	 to	 its	high-resolution	
equivalent.	This	is	shown	for	an	example	in	Sect.	6.3.1.	
	

	
Figure	6.2:	An	 illustration	of	the	 low-resolution	block	 inspection	 improvement	upon	 the	
default	flood-fill	algorithm.	Dark	green:	unfilled;	light	green:	stack;	blue:	filled.	Black	line:	
shoreline	at	1	km	resolution.	A:	the	4	km	fill	is	given	a	seed	in	the	southwest	corner	of	the	
map.	B:	the	4	km	fill	is	completed.	C:	The	1	km	map	and	edge	created	from	the	intermediate	
4	km	output.	D:	the	result	of	the	1	km	fill.	
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A	 further	 increase	 in	 efficiency	 can	 be	 achieved	 by	 creating	 an	 additional	 medium-
resolution	map	in	between.	For	example,	we	can	start	with	a	10	km	fill,	and	then	convert	
the	resulting	map	and	stack	to	5	km	resolution.	Use	the	intermediate	result	for	a	5	km	fill	
algorithm,	run	this	until	completion,	convert	the	resulting	map	and	stack	to	their	1	km	
equivalents,	 and	 finalize	with	 the	 1	 km	 fill.	 Note	 that	 this	 will	 only	 work	 when	 the	
different	resolutions	are	integer	multiples	of	each	other.	Constructing	rules	for	when	this	
condition	is	not	met	are	not	evident,	and	will	increase	computation	time,	and	are	beyond	
the	scope	of	this	study.	
	
6.2.2.2	Shoreline	memory	
In	 the	 case	 of	 a	 depression	 that	must	 be	 filled	 up	 to	 overflow	 conditions,	 one	 small	
improvement	to	the	flood-fill	algorithm	is	straightforward.	Any	element	that	is	filled	at	a	
certain	water	depth	will	also	be	filled	for	any	higher	water	depth,	implying	that	the	lake’s	
shoreline	will	only	expand	outward	when	the	water	depth	is	 increased.	Hence,	 in	the	
improved	flood-fill	algorithm,	a	stack	element	that	is	found	to	lie	above	the	water	level	
is	not	removed	from	the	stack.	Instead	it	is	flagged	and	not	inspected	again	in	any	further	
loops.	This	means	that	when	the	algorithm	is	finished,	the	stack	contains	all	those	and	
only	those	elements,	which	directly	border	filled	elements	but	which	are	not	filled,	being	
the	shoreline.	
When	the	water	depth	is	increased	during	the	filling	of	a	depression,	the	final	stack	from	
the	previous	loop	is	taken	as	a	starting	point.	This	means	that	all	elements	of	the	final,	
deepest	lake	have	only	been	inspected	once	during	the	iteration	procedure.	For	a	deep	
lake,	which	requires	many	depth	increments	to	be	filled,	the	decrease	in	the	required	
computation	time	can	be	large	given	this	approach,	as	will	be	shown	in	Sect.	6.3.3.	
	
6.2.2.3	Low-resolution	lake	depth	estimation	
When	 trying	 to	 fill	 a	 depression	 up	 to	 the	 level	 of	 overflowing,	 i.e.	 with	 no	 pre-
determined	 water	 level,	 it	 is	 generally	 not	 possible	 to	 use	 the	 low-resolution	 block	
inspection	algorithm	presented	in	Sect.	5.2.2.1.	This	is	because	the	algorithm	needs	to	
check	if	overflow	is	reached	for	every	single	depth	increment,	which	has	to	be	done	at	1	
km	resolution.	Because	it	is	not	possible	to	convert	the	high-resolution	stack	and	map	
back	to	the	lower	resolution,	we	cannot	use	the	final	high-resolution	shoreline	to	start	a	
new	 low-resolution	 fill.	 It	 is	 therefore	 necessary	 to	 perform	 all	 fill	 iteration	 at	 high	
resolution,	which	is	computationally	expensive.	
	
Performing	a	fill	on	a	low-resolution	average	topography	map	solves	this	issue.	Although	
not	 mathematically	 necessary,	 in	 practice	 the	 topography	 of	 a	 geographical	 area	 is	
usually	smooth	enough	to	yield	a	low-resolution	water	depth	estimate	close	to	the	“true”	
water	depth	that	would	be	calculated	with	a	high-resolution	fill.	This	means	that,	instead	
of	starting	at	zero	depth,	we	can	initiate	the	algorithm	with	a	depth	slightly	below	the	
depth	yielded	by	the	low-resolution	estimate.	The	lake	at	this	depth	will	be	close	to	its	
maximum	 extent,	 so	 we	 can	 use	 the	 block	 inspection	 method	 to	 efficiently	 fill	 the	
majority	of	the	lake’s	central	elements	at	low	resolution,	thus	reducing	the	computation	
time.	The	 lake’s	fringes	are	filled	with	 the	high-resolution	algorithm	and	 the	depth	 is	
increased	incrementally	until	overflow	is	reached.	Section	5.3.4	describes	an	experiment	
where	 this	 method	 is	 implemented.	 A	 pseudo-code	 example	 of	 this	 algorithm	 is	
illustrated	below.	
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water level = 0 
 
WHILE (threshold is not reached) 
 increase water level 
 perform flood-fill on 40 km average topography field 
END WHILE 
 
decrease water level 
perform flood-fill on 40 km maximum topography field 
convert 40 km map and stack to 1 km equivalent 
 
WHILE (threshold is not reached) 
 increase water level 
 perform flood-fill on 1 km topography field 
END WHILE

	
6.3	Results	
	
All	experiments	are	performed	in	Matlab	R2014b	on	a	2013	iMac	with	a	3.2GHz	Intel	i5	
processor	and	8GB	1600MHz	DDR3	Memory.	Note	that	Matlab	is	an	interpreted	language	
and	that	the	performance	of	the	algorithm	in	a	compiled	language	such	as	Fortran	or	C	
will	generally	be	much	faster.	However,	the	relative	improvements	in	performance	of	the	
optimized	algorithms	should	be	preserved.	
	
6.3.1	Low-resolution	block	inspection	
As	a	first	example,	we	use	different	versions	of	the	flood-fill	algorithm	to	determine	the	
land/ocean-mask	 for	 a	 DEM	 of	 North	 America	 and	 Greenland	 (Amante	 and	 Eakins,	
2009),	using	an	oblique	stereographic	projection	at	1	km	resolution.	The	region	covers	
an	 area	 of	 roughly	 7000	 by	 5000	 km,	 resulting	 in	 approximately	 17	 million	 ocean	
elements	 to	 be	 filled.	 This	 extremely	 large	 size	 is	 useful	 for	 testing	 the	 efficiency	 of	
different	 set-ups	 and	 is	 needed	 in	 order	 to	 model	 the	 pressure	 exerted	 by	 lakes	 in	
gravitationally	 consistent	 calculations	 during	 the	 evolution	 of	 ice-sheets	 in	 North	
America.	
The	chosen	horizontal	resolution	of	1	km	is	very	high	for	such	models.	However,	a	lower	
resolution	would	overlook	topographical	features,	such	as	small	river	valleys,	that	would	
limit	 the	water	 level	 of	 the	 lake	 through	 drainage.	 This	 would	 lead	 to	 a	 systematic	
overestimation	of	the	total	water	volume	unrelated	to	the	uncertainty	of	the	modelled	
location	of	 the	 ice	sheet	margin,	which	 is	usually	not	as	high	as	1	km.	A	comparison	
between	the	calculated	water	volume	of	a	lake	at	1	km	resolution	versus	the	calculated	
volume	of	the	same	lake	at	40	km	resolution	showed	that	the	difference	can	be	as	large	
as	20	%.	
	
Creating	the	land/ocean	mask	depicted	in	Fig.	6.3	with	the	standard	version	of	the	flood-
fill	 algorithm	 at	 a	 1	 km	 resolution	 takes	 approximately	 82	 seconds.	 This	 serves	 as	
benchmark	to	which	all	subsequent	experiments	will	be	compared.	
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Figure	 6.3:	 The	 present-day	 land/ocean-mask	 (uniform	 deep	 blue)	 and	 the	 bedrock	
topography	at	1	km	resolution.	

We	performed	two	series	of	experiments	with	block	inspection	at	different	resolutions.	
The	first	series	considers	a	sequence	of	40	km,	8	km,	4	km,	2	km	and	1	km	resolutions.	
The	 second	 series	 considers	 a	 sequence	 of	 40	 km,	 20	 km,	 10	 km,	 5	 km	 and	 1	 km	
resolutions.	The	results	in	terms	of	computational	efficiency	are	presented	in	Table	6.1	
and	Table	6.2,	respectively.	
	
Table	6.1:	Computation	time	in	seconds	for	stack	and	map	conversion	between	different	
resolutions	and	for	flood-filling	at	different	resolutions	with	different	starting	stacks,	for	
the	40	km	-	8	km	-	4	km	-	2	km	-	1	km	series.	The	yellow	shaded	numbers	are	explained	in	
the	text.	

Stack	and	map	conversion	 Flood-fill	
	 40	 8	 4	 2	 1	 	 40	 8	 4	 2	 1	
40	 -	 0.04	 0.04	 0.07	 0.20	 40	 0.05	 0.19	 0.85	 3.73	 27.54	
8	 -	 -	 0.34	 0.37	 0.56	 8	 -	 0.94	 0.16	 0.76	 11.65	
4	 -	 -	 -	 1.30	 31.22	 4	 -	 -	 4.03	 0.40	 8.29	
2	 -	 -	 -	 -	 65.98	 2	 -	 -	 -	 16.89	 5.64	
1	 -	 -	 -	 -	 -	 1	 -	 -	 -	 -	 82.04	
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Table	6.2:	Computation	time	in	seconds	for	stack	and	map	conversion	between	different	
resolutions	and	for	flood-filling	at	different	resolutions	with	different	starting	stacks,	for	
the	40	km	-	20	km	-	10	km	-	5	km	-	1	km	series.	

Stack	and	map	conversion	 Flood-fill	

	 40	 20	 10	 5	 1	 	 40	 20	 10	 5	 1	

40	 -	 0.04	 0.03	 0.05	 0.21	 40	 0.06	 0.02	 0.05	 0.18	 13.78	
20	 -	 -	 0.08	 0.08	 0.34	 20	 -	 0.17	 0.02	 0.12	 11.26	

10	 -	 -	 -	 0.24	 0.43	 10	 -	 -	 0.62	 0.08	 9.28	

5	 -	 -	 -	 -	 1.07	 5	 -	 -	 -	 2.45	 7.97	

1	 -	 -	 -	 -	 -	 1	 -	 -	 -	 -	 82.11	

	
Both	the	conversion	and	filling	parts	of	the	Tables	can	be	read	as	“coming	from	[row]	
resolution,	going	to	[column]	resolution”.	For	example	(Table	6.1;	highlighted	in	yellow),	
converting	a	40	km	map	and	stack	to	their	1	km	equivalent	takes	0.20	seconds.	A	1	km	
fill	starting	with	that	map	and	stack	will	then	take	27.54	seconds.	The	diagonal	elements	
in	the	filling	parts	of	the	tables	indicate	the	computation	time	of	a	fill	at	that	resolution	
starting	from	a	single	seed	element.	
	
An	overview	of	several	possible	resolution	schemes	is	given	in	Table	6.3.	It	shows	that	
the	most	efficient	scheme	(40	km	-	5	km	-	1	km)	is	almost	an	order	of	magnitude	faster	
than	the	default	algorithm	at	1	km	resolution.	
	
Table	6.3:	Total	computation	time	relative	to	the	1	km	benchmark	experiment	for	several	
resolution	schemes,	sorted	ascending.	

Resolution	scheme	 Computation	time	reduction	(%)	
40	 -	 -	 5	 1	 88.64	
40	 8	 -	 -	 1	 84.79	
-	 8	 4	 -	 1	 50.13	
-	 8	 -	 2	 1	 10.25	
-	 -	 4	 2	 1	 5.80	
-	 -	 -	 	 1	 0.00	
	
6.3.2	Shape	dependence	
The	total	gain	in	efficiency	from	the	improvements	to	the	algorithm	will	of	course	depend	
on	the	details	of	the	problem	it	is	applied	to.	In	the	optimized	algorithm,	the	number	of	
elements	 that	 can	 be	 filled	 at	 the	 low	 resolution	 roughly	 scales	with	 the	 area	 of	 the	
depression,	whereas	the	number	of	elements	that	need	to	be	filled	at	the	high	resolution	
roughly	scales	with	the	depression’s	circumference.	The	gain	in	computational	efficiency	
therefore	depends	 largely	on	 the	shape	of	 the	depression,	becoming	 larger	when	 the	
depression	becomes	more	circular.	
To	illustrate	this,	the	improved	algorithm	with	a	40	km	-	5	km	-	1	km	resolution	scheme	
was	 applied	 to	 several	 versions	 of	 the	 same	 topography	 field,	 passed	 through	
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increasingly	 strong	 high-pass	 filters	 with	 a	 cut-off	 wavelength	 of	 30km,	 so	 that	 the	
remaining	topographical	features	that	determine	the	shape	of	the	depression	are	all	too	
small	to	be	visible	on	the	low-resolution	map	in	Fig.	6.4.	
	

	
Figure	6.4:	Land/ocean-mask	for	the	same	region,	with	the	topography	passed	through	a	
high-pass	filter.	Panel	A:	40	%	reduction	in	amplitude	for	wavelengths	above	30km.	Panel	
B:	 60	%	 reduction.	 Panel	 C:	 80	%	 reduction.	 Panel	D:	 90	%	 reduction.	 The	 ocean	 area	
increases	slightly	and	the	length	of	the	coastline	increases	strongly.	

The	results	of	the	experiment	are	given	in	Table	6.4.	The	area	of	the	ocean	basin	and	
therefore	the	number	of	elements	that	require	filling	does	not	change	much.	However,	
the	compactness	factor	C	of	the	ocean	basin,	which	is	defined	as:	

𝐶 =
𝐴

4𝜋∅0	

with	∅	the	circumference	and	A	the	area	of	the	basin,	decreases	sharply	when	the	small-
scale	topographical	features	become	more	prominent.	
	
This	 illustrates	 that	 the	 gain	 in	 computational	 efficiency	 from	 the	 block	 inspection	
depends	strongly	on	the	shape	of	the	topography	in	which	a	depression	must	be	filled.	
Natural	 topographical	 features	 generally	 have	 a	 vertical	 scale	 proportional	 to	 their	
horizontal	scale,	which	leads	to	the	relatively	circular	shapes	of	most	natural	lakes.	This	
means	 that,	 for	 most	 natural	 topographies,	 the	 block	 inspection	 algorithm	 will	
substantially	decrease	the	computation	time	required	for	filling	depressions.		
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Table	6.4:	Reduction	in	computation	time	for	the	40	km	-	5	km	-	1	km	resolution	scheme	
with	respect	to	the	1	km	benchmark	experiment	for	different	bedrock	topographies.	Also	
listed	are	the	area	and	compactness	factor	of	the	resulting	ocean	basin.	

Filter	
(%)	

Compactness	factor	 Ocean	area		
(km2)	

Computation	time	reduction	
	(%)	

-100*	 6.0e-2	 1.72e7	 95.48	
0	 5.1e-3	 1.72e7	 91.56	
20	 2.7e-3	 1.76e7	 89.37	
40	 1.4e-3	 1.77e7	 74.48	
60	 7.4e-4	 1.76e7	 58.89	
80	 2.6e-4	 1.79e7	 35.35	
90	 1.4e-4	 1.86e7	 18.72	
*30km	low-pass	filter;	“smoothed”	topography.	
	
6.3.3	Shoreline	memory	
Similar	 to	 the	 previous	 experiment,	 we	 consider	 the	 lake	 formation	 in	 the	 North	
American	region	30,000	years	ago	as	a	second	example.	At	this	time,	large	parts	of	the	
North	American	continent	were	covered	by	the	Laurentide	ice-sheet.	The	depression	left	
in	the	bedrock	by	the	weight	of	the	ice,	combined	with	the	mass	of	ice	damming	off	the	
Hudson	Strait	lead	to	the	formation	of	a	massive	proglacial	lake	over	the	area	of	what	is	
now	known	as	the	Hudson	Bay.	The	situation	is	shown	in	Fig.	6.5.	
	

	
Figure	6.5:	North	America,	the	Laurentide	ice-sheet	and	Lake	Agassiz,	30ky	before	present.	
The	red	outlined	region	is	shown	in	close-up	in	Fig.	6.6.	
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Figure	6.6:	The	area	around	the	eastern	shore	of	the	lake,	outlined	in	red	in	Fig.	5.	Panel	A:	
The	40	km	resolution	estimate.	Panel	B:	The	result	of	the	40	km	maximum	topography	fill	
to	a	water	depth	20	%	below	that	of	the	40	km	estimate.	Panel	C:	The	final	1	km	lake.	Note	
that	the	algorithm	allows	for	ice	to	float	when	the	water	column	is	high	enough,	creating	a	
small	ice-shelf	along	the	margin,	visible	in	panel	C	where	part	of	the	lake’s	shoreline	runs	
beneath	the	ice.	

We	 apply	 the	 flood-fill	 algorithm	 to	 the	 same	 1	 km	 resolution	 topographic	 map,	
combined	with	an	ice	thickness	distribution,	a	bedrock	deformation	field	and	a	geoid	
perturbation	field	(all	generated	by	the	ANICE-SELEN	model	-	de	Boer	et	al,	2014)	to	
determine	the	size	of	the	lake.	These	data	fields	have	a	40	km	resolution	and	are	used	to	
perturb	 the	 1	 km	 resolution	 DEM,	 such	 that	 the	 small	 topographic	 features	 are	
preserved.	 The	 40	 km	 resolution	 perturbation	 fields	 are	 mapped	 onto	 the	 1	 km	
resolution	data	fields	using	bilinear	interpolation.	The	lake	is	found	to	cover	an	area	of	
3.5×106	 km2,	 with	 a	 volume	 of	 6.0×1014	 m3	 or	 about	 1.7	 meters	 eustatic	 sea-level	
equivalent	of	water.	
	
As	a	benchmark,	we	apply	the	standard	flood-fill	algorithm	without	any	optimizations,	
using	a	5	m	depth	increment.	This	means	that	the	algorithm	fills	the	depression	up	to	a	
certain	water	level,	increases	the	depth	by	5	m	and	fills	the	depression	up	to	the	new	
water	level	from	the	same	seed,	until	the	lake	overflows	into	the	sea.	This	run	costs	351	
seconds	(almost	six	minutes)	to	complete.	This	implies	that	for	a	120,000	year	period	
which	is	resolved	every	5	years,	which	is	a	time	step	typically	used	to	resolve	the	last	
glacial	 cycle	 in	 an	 ice-sheet	 model,	 computational	 time	 is	 excessive	 relative	 to	 the	
approximately	50	hours	such	a	simulation	would	otherwise	require.	
	
Performing	the	same	test	with	a	depth	increment	of	10	m	takes	179	seconds.	This	is	far	
less	because	for	each	depth	interval	the	complete	lake	has	to	be	filled,	so	the	number	of	
fills	increases	more	or	less	linearly	with	the	requested	accuracy.	A	5	m	depth	interval	
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leads	 to	 an	 accuracy	 of	 about	 3	 %	 in	 the	 lake’s	 volume,	which	 is	 considered	 to	 be	
sufficiently	accurate.	
By	implementing	the	“shoreline	memory”	improvement	described	in	Sect.	6.2.2.2	to	the	
algorithm	we	 improve	 the	 performance	 in	 terms	 of	 computation	 time.	 As	 explained	
earlier,	the	improved	shoreline	memory	implies	that	every	element	will	only	be	checked	
once,	yielding	a	drastic	reduction	in	computation	time,	which	is	particularly	relevant	for	
large	 lakes.	 Filling	 the	 same	 lake	 at	 1	 km	 resolution	 only	 takes	 23	 seconds	 in	 the	
optimized	 case,	 a	 reduction	 in	 computation	 time	 of	 about	 90	%	with	 respect	 to	 the	
benchmark.		
	
6.3.4	Low-resolution	lake	depth	estimation	
As	a	final	improvement,	we	implement	the	depth	estimation	method.	This	method	starts	
by	 filling	 the	same	 lake	on	 the	40	km	resolution	 topography,	 in	order	 to	get	a	depth	
estimate.	 The	 resulting	 lake	 is	 depicted	 in	 Fig.	 6.5.	 It	 has	 a	 volume	 of	 6.6×1014	 m3,	
overestimating	the	“true”	1	km	volume	by	about	10	%.	The	40	km	estimate	covers	several	
river	valleys	visible	in	Fig.	6.6c,	which	should	drain	the	lake.	Since	these	valleys	are	only	
a	few	kilometres	wide	they	do	not	appear	on	the	smoothed	40	km	resolution	topography	
map.	This	causes	the	overestimation	of	the	water	level	and	the	lake’s	extent	and	volume	
-	 hence	 a	 high	 resolution	 is	 needed.	 The	 resulting	 depth	 is	 reduced	 by	 an	 arbitrary	
amount	 of	 20	%	 and	 a	 fill	 to	 this	 new	 depth	 is	 performed	 on	 the	 40	 km	maximum	
topography	field.	The	resulting	lake,	which	will	serve	as	a	starting	point	for	the	final	1	
km	fill,	is	depicted	in	Fig.	6.6b.	
	
The	water	level	is	then	incrementally	increased,	while	using	the	1	km	fill	algorithm,	until	
the	lake	overflows	into	the	sea.	The	complete	process	takes	4.4	seconds	to	complete.	This	
is	about	5	times	faster	than	the	1	km	fill	with	shoreline	memory	and	about	80	times	faster	
than	the	default	implementation,	a	reduction	in	computation	time	of	about	99	%	with	
respect	to	the	benchmark	experiment.	
	
Note	 that	 the	20	%	reduction	 in	depth	 from	the	40	km	estimate	 is	 chosen	somewhat	
arbitrarily.	Depending	on	the	smoothness	of	the	local	topography,	it	is	possible	that	the	
40	km	estimate	will	be	much	more	accurate.	In	such	cases,	it	is	justifiable	to	reduce	the	
depth	less,	and	hence	improve	efficiency	even	more.	For	this	reason,	 it	is	advisable	to	
check	if	the	depth	reduction	from	the	40	km	estimate	is	enough	to	prevent	overflow.	If	
not,	the	depth	needs	to	be	increased	even	further	before	starting	the	40	km	maximum	
topography	fill.		
	
6.3.4	Comparison	to	the	drainage-pointer	method	
As	 a	 benchmark	 of	 our	method,	 we	 compare	 the	 computational	 performance	 of	 our	
optimized	algorithm	to	that	of	the	commonly	used	drainage-pointer	approach	(Tarasov	
and	 Peltier,	 2006).	 This	 method	 assigns	 to	 every	 map	 element	 a	 drainage	 pointer,	
indicating	which	one	of	its	immediate	neighbours	receives	run-off	from	that	element.	By	
following	the	run-off	from	an	element	until	it	reaches	the	sea,	elements	can	be	grouped	
together	by	the	location	where	run-off	reaches	the	sea,	thus	creating	drainage	basins.	
	
We	found	that	a	Matlab	implementation	of	the	first	step	of	this	approach,	where	drainage	
pointers	are	assigned	 to	all	high	resolution	elements,	 required	about	 five	 times	more	
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computation	 time	 than	 our	 optimized	 algorithm	 when	 used	 for	 determining	 the	
land/ocean	mask	 as	 in	 section	6.3.1.	 The	 reason	 for	 this	 is	 that	 the	 drainage-pointer	
approach	needs	to	assign	these	pointers	to	every	single	high	resolution	map	element	in	
order	to	work,	whereas	our	method	only	needs	to	treat	those	elements	that	are	beneath	
the	water	level	and	then	only	those	near	the	shoreline	at	high	resolution,	thus	limiting	
the	number	of	operations.	
	
6.4	Conclusions	
	
We	 have	 presented	 and	 evaluated	 several	 optimizations	 to	 a	 standard	 flood-fill	
algorithm.	When	 determining	 the	 land/ocean-mask	 over	 a	 large	 grid,	 the	 optimized	
algorithm	is	up	to	9	times	faster	than	the	default	algorithm.	When	determining	the	extent	
and	 depth	 of	 Lake	 Agassiz	 from	 a	 given	 DEM	 and	 ice	 thickness	 map,	 the	 optimized	
algorithm	is	even	up	to	80	times	faster	than	the	default	algorithm	as	proposed	by	Zhu	et	
al.	 (2006).	 The	 gain	 in	 computational	 efficiency	 depends	 on	 the	 smoothness	 of	 the	
topography,	with	the	largest	reduction	in	computation	time	achieved	when	most	of	the	
volume	of	the	depression	is	contributed	by	topographical	features	with	a	horizontal	scale	
larger	than	the	lowest	resolution	of	the	block	inspection	method,	as	has	been	explained	
in	Sect.	5.2.2.2.	
	
In	 the	example	given	 in	 this	 study,	 the	 ice	 thickness,	bedrock	deformation	and	geoid	
anomaly	all	initially	have	a	40	km	resolution.	In	order	to	do	a	1	km	lake	fill,	these	fields	
were	 interpolated	 onto	 a	 1	 km	 grid,	 which	 is	 computationally	 expensive	 (about	 11	
seconds	in	our	Matlab	implementation).	If	all	input	fields	are	already	initially	available	
at	high	resolution,	 they	only	need	 to	be	downscaled	 to	a	 low	resolution	 for	 the	block	
inspection	step,	which	 takes	considerably	 less	 time.	For	 this	 reason,	 the	computation	
time	for	this	interpolation	step	is	not	included	in	the	results.	
	
The	 algorithm	 presented	 takes	 into	 account	 the	 bedrock	 deformation	 and	 geoid	
perturbation	caused	by	the	mass	changes	of	an	ice-sheet,	if	they	have	been	calculated.	
These	effects	both	influence	the	volume	of	a	lake	by	deepening	the	basin	because	of	the	
vertical	water	pressure	on	the	landscape	and	by	raising	the	water	surface.		
	
Any	study	involving	either	a	very	large	grid	or	a	large	number	of	repeated	simulations	
will	greatly	benefit	 from	these	optimizations.	Examples	include	the	modelling	of	 large	
proglacial	lakes,	the	dynamical	modelling	of	run-off	over	an	evolving	ice-sheet,	changes	
of	water	routing	by	tectonic	activity	and	changes	in	a	large	water	basin	due	to	sea-level	
changes	such	as	in	the	Mediterranean.	
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This	chapter	is	based	on:	Berends,	C.	J.	and	van	de	Wal.,	R.	S.	W.:	The	role	of	proglacial	
lakes	in	ice-sheet	evolution,	in	preparation.	
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During	the	last	deglaciation,	vast	proglacial	 lakes	existed	over	both	North	America	and	
Eurasia.	 These	 lakes	 were	 formed	 by	 meltwater	 from	 the	 retreating	 ice	 sheets,	 which	
accumulated	in	the	topographic	depressions	in	the	Earthʼs	surface	that	became	free	of	ice.	
When	the	largest	of	these	lakes,	Lake	Agassiz,	drained	into	the	ocean,	around	8,440	years	
B.P.,	global	mean	sea-level	increased	by	1	‒	3	m	within	decades	to	a	century.	We	illustrate	
that	 the	 presence	 of	 such	 a	 vast	 lake	 would	 have	 influenced	 the	 physical	 processes	
governing	the	interactions	between	the	adjacent	ice-sheet,	the	climate,	the	solid	earth	and	
the	geoid.	We	use	a	coupled	ice-sheet	‒	GIA	‒	sea-level	‒	climate	model	to	investigate	the	
effects	of	these	large	freshwater	lakes	on	the	evolution	of	the	adjacent	ice	sheet	through	its	
impact	on	local	climate,	and	thereby	the	surface	mass	balance,	as	well	as	the	possibility	of	
melt	underneath	an	ice-shelf	that	could	have	formed	over	the	lake.	We	show	that,	while	the	
lakeʼs	impact	on	the	local	climate	likely	slowed	down	the	retreat	of	the	ice,	the	presence	of	
a	 reversed	bedrock	 slope	over	the	Hudson	Bay	area,	 combined	with	 lacustrine	 sub-shelf	
melt,	strongly	accelerated	the	retreat	of	the	Laurentide	ice	sheet,	a	phenomenon	we	dub	“
lacustrine	ice-sheet	instability”	(LISI).	Only	including	this	effect	allows	us	to	reproduce	the	
>	 30	 mm	 yr-1	 rates	 of	 global	 mean	 sea-level	 rise	 that	 were	 observed	 during	 the	
deglaciation.	In	addition,	we	investigate	the	interplay	between	the	lake	and	the	solid	Earth,	
coupling	our	ice-sheet	model	to	the	radially	symmetric	GIA	model	and	sea-level	equation	
solver	 SELEN.	 Uncertainties	 in	 mantle	 viscosity,	 which	 determines	 the	 depth	 of	 the	
depression	left	by	the	retreating	ice,	lead	to	large	uncertainties	in	the	volume	of	the	lake	
and	consequently	to	the	timing	of	its	drainage.	Finally,	we	show	that	the	mass	of	the	lake,	
like	the	mass	of	the	ice	sheet,	deforms	the	solid	Earth	and	perturbs	the	geoid	and	thereby	
influences	estimates	of	loading	history	and	mantle	viscosity	based	on	observed	uplift	rates	
‒	which	currently	do	not	include	the	lake	loading	term.	
	
7.1	Introduction	
	
7.1.1	Feedbacks	between	ice	sheets,	climate,	ocean	and	solid	Earth	
Understanding	 the	past	evolution	of	 ice	sheets,	and	 their	 interactions	with	 the	global	
climate	and	the	solid	Earth,	can	improve	confidence	in	future	projections	of	 ice-sheet	
retreat	and	sea-level	rise.	During	the	glacial	cycles	of	the	Late	Pleistocene	(1.2	Myr	to	
11.7	kyr	ago),	vast	ice-sheets	periodically	covered	most	of	North	America	north	of	50�	
N,	as	well	as	Eurasia	between	the	west	of	Ireland	and	Severnaya	Zemlya	(Peltier	et	al.,	
2014,	Hughes	et	 al.,	 2016).	 The	existing	 ice-sheets	 on	Greenland	 and	Antarctica	also	
showed	significant	changes	in	volume	and	extent	(Clark	and	Tarasov,	2014;	Lecavalier	
et	 al.,	 2014).	 These	 changes	 are	 primarily	 driven	 by	 the	 variation	 in	 received	 solar	
radiation	caused	by	the	Milankovitch	cycles	(Milankovitch,	1941).	The	relatively	small	
changes	in	local	summer	insolation	triggered	the	inception	of	these	ice	sheets,	and	were	
amplified	by	several	strong	feedback	processes	between	these	growing	ice	sheets	and	
the	regional	climate,	such	as	the	ice-albedo	feedback	(Budyko,	1969;	Sellers,	1969;	Abe-
Ouchi	et	al.,	2013;	Stap	et	al.,	2014)	and	the	altitude-temperature	feedback	(Weertman,	
1961;	Abe-Ouchi	et	al.,	2013).	These	feedback	processes	reinforced	the	ice-sheet	growth	
and	lead	to	the	eventual	glaciation	of	large	parts	of	the	Northern	Hemisphere.	Once	the	
ice	sheets	approached	their	maximum	size,	they	even	affected	large-scale	atmospheric	
circulation	patterns	(Roe	and	Lindzen,	2001,	Liakka	et	al.,	2016).	
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Ice-sheets	with	a	margin	extending	beyond	the	coastline	into	the	oceans	can	form	ice	
shelves.	The	existence	of	such	shelves	can	stabilise	the	ice	sheet	on	the	land	behind	them	
by	buttressing	it	(Thomas	and	MacAyeal,	1982,	Dupont	and	Alley,	2005;	Gladstone	et	al.,	
2012;	Pattyn,	2018).	An	increase	in	the	surface	or	basal	melt	of	the	shelf,	resulting	in	a	
thinning	of	the	ice,	will	immediately	lead	to	an	acceleration	of	the	ice	flow	in	the	ice	sheet	
through	 a	 reduction	 of	 this	 buttressing.	 The	 sub-shelf	melt	 rate	 has	 been	 shown	 to	
increase	with	both	water	temperature,	and	the	depth	of	the	underlying	water	column	
(Depoorter	et	al.,	2013;	Rignot	et	al.,	2013;	Lazeroms	et	al.,	2018).	When	the	grounding	
line	lies	on	a	reversed	bedrock	slope	(becoming	deeper	in	the	direction	of	the	sheet	and	
shallower	in	the	direction	of	the	shelf,	as	is	the	case	for	several	areas	of	West	Antarctica),	
any	grounding-line	retreat	will	result	in	an	increase	in	the	depth	of	the	water	column,	
increasing	 the	 sub-shelf	 melt	 and	 accelerating	 the	 initial	 retreat.	 It	 has	 been	
hypothesised	that,	if	the	bedrock	slope	is	steep	enough,	this	positive	feedback	can	cause	
a	runaway	retreat	of	the	grounding	line,	known	as	“marine	ice-sheet	instability”	(MISI;	
Weertman,	1974;	Thomas	and	Bentley,	1978;	Schoof,	2007;	Katz	and	Worster,	2010),	
with	a	possible	amplification	by	an	instability	of	the	ice	cliffs	formed	(Pollard	et	al.,	2015;	
DeConto	and	Pollard,	2016).	
	
Meltwater	 produced	 by	 the	 ice	 sheets	 during	 their	 retreat	 affects	 ocean	 currents,	
reducing	the	amount	of	heat	transported	north	from	the	equator	when	the	meltwater	
enters	the	northern	Atlantic	Ocean.	This	meltwater-AMOC	feedback	has	been	linked	to	
sudden,	 strong	 climatic	 variations	 in	 the	 Northern	 Atlantic	 region	 during	 the	 last	
deglaciation	 (Barber	 et	 al.,	 1999;	 Clark	 et	 al.,	 2001;	 Teller	 et	 al.,	 2002;	 Tarasov	 and	
Peltier,	2005,	2006;	Stouffer	et	al.,	2006;	Li	et	al.,	2012;	Kageyama	et	al.,	2013;	Stone	et	
al.,	2016;	Ivanovic	et	al.,	2017).	
	
Not	only	do	ice	sheets	affect	the	climate	surrounding	them,	they	also	interact	with	the	
solid	 Earth	 beneath	 and	 around	 them.	 Both	 the	 elastic	 lithosphere	 and	 the	 viscous	
asthenosphere	 deform	 under	 the	weight	 of	 such	 large	 amounts	 of	 ice,	 resulting	 in	 a	
vertical	displacement	of	the	Earthʼs	surface	of	up	to	hundreds	of	meters	(Peltier,	1974;	
Wu	and	Peltier,	1983;	Peltier	et	al.,	2014),	a	process	called	“glacial	isostatic	adjustment”	
(GIA).	The	corresponding	downward	vertical	motion	of	the	ice-sheet	surface	leads	to	a	
more	negative	surface	mass	balance	of	the	ice	sheet	through	the	altitude-temperature	
feedback.	When	the	ice	sheet	retreats	faster	than	the	solid	Earth	rebounds,	this	feedback	
process	can	significantly	accelerate	the	retreat	(Abe-Ouchi	et	al.,	2013).	Beyond	the	ice-
sheet	margin,	the	displaced	rock	in	the	asthenosphere	causes	an	uplift	of	the	surface,	
creating	 a	 “forebulge”	 with	 a	 height	 of	 about	 3	 %	 of	 the	 depth	 of	 the	 depression	
underneath	the	ice	(Fjeldskaar,	1994;	Roy	and	Peltier,	2015)	for	a	radially	symmetric,	
steady-state	ice-sheet.	During	advance	or	retreat	phases,	or	in	zones	near	a	convex	ice	
margin	 (such	 as	 the	 present-day	 North	 Sea	 area),	 the	 forebulge	 can	 be	 significantly	
higher	(Vink	et	al.,	2007).	
	
The	presence	of	a	large	ice	sheet	directly	affects	the	nearby	relative	sea	level.	When	the	
margin	of	an	ice	sheet	lies	close	to	the	sea,	GIA	will	result	in	a	lowering	of	the	nearby	sea	
floor,	increasing	local	relative	sea	level	at	the	ice	margin.	Additionally,	the	gravitational	
pull	of	the	large	mass	of	ice	perturbs	the	Earthʼs	gravity	field,	locally	moving	up	the	geoid	
(the	gravitational	equipotential	surface),	pulling	sea	water	closer	to	it.	This	also	results	
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in	a	local	increase	in	relative	sea	level	(Woodward,	1888;	Farrell,	1973;	Farrell	and	Clark,	
1976;	Wu	and	Peltier,	1983;	Mitrovica	and	Milne,	2003;	Spada	and	Stocchi,	2007).	This	
means	that	a	retreating	ice	sheet	will	lead	to	a	local	decrease	in	relative	sea	level.	The	
combined	 effects	 of	 uplifting	 bedrock	 and	 the	 lowering	 of	 the	 geoid	 have	 been	
hypothesised	 to	 counteract	 the	 MISI	 for	 gentle	 bedrock	 slopes,	 possibly	 stabilising	
grounding	lines	in	the	event	of	increased	sub-shelf	melt	(Gomez	et	al.,	2010,	2013;	de	
Boer	et	al.	2014;	Barletta	et	al.	2018).	
	
All	of	these	interactions	will	be	affected	by	the	presence	of	a	proglacial	lake.	
	

7.1.2	Proglacial	lakes	
During	the	last	deglaciation,	the	production	of	large	amounts	of	meltwater	by	the	North	
American	and	Eurasian	ice	sheets,	together	with	the	combination	of	local	topographic	
relief	and	the	crustal	depressions	and	forebulges	caused	by	these	ice	sheets,	resulted	in	
the	 formation	of	vast	proglacial	 lakes,	 the	 largest	of	which	was	Lake	Agassiz-Ojibway	
(Upham,	1880;	Elson,	1967;	Teller	et	al.,	1983;	Leverington	et	al.,	2002;	Kendall	et	al.,	
2008),	with	an	estimated	maximum	extent	of	710,000	km2	(roughly	the	same	as	the	U.S.	
State	of	Texas).	It	was	deep	and	large	enough	to	allow	for	the	calving	and	subsequent	
wind-driven	 dispersal	 of	 icebergs	 (Veillette	 and	 Paradis,	 1996).	 The	 catastrophic	
drainage	of	this	lake	around	8,440	yr	B.P.	through	the	Hudson	Strait	(Hillaire-Marcel	et	
al.,	2007;	Lajeunesse	and	St.-Onge,	2008;	Roy	et	al.,	2011)	has	been	linked	to	a	rapid	sea-
level	rise	of	1	‒	3	m	within	decades	to	a	century	(Törnqvist	et	al.,	2004;	Hijma	and	Cohen,	
2010;	Törnqvist	and	Hijma,	2012,	2019;	Lawrence	et	al.,	2016),	as	well	as	to	the	8.2	kyr	
climate	event	through	suppression	of	the	AMOC	(Barber	et	al.,	1999;	Marshall	and	Clarke,	
1999;	Teller	et	al.,	2002;	Tarasov	and	Peltier,	2006;	Clarke	et	al.,	2009;	Rasmussen	et	al.,	
2014;	Matero	et	al.,	2017;	Walker	et	al.,	2018).	
	
The	presence	of	such	a	large	body	of	water	has	an	impact	on	all	of	the	feedback	processes	
between	the	adjacent	ice	sheet,	the	regional	climate	and	the	solid	Earth.	Its	mass	affects	
the	geoid	in	 the	same	manner	as	 the	mass	of	 the	 ice	sheet	 itself,	 leading	 to	a	distinct	
geoidal	fingerprint	(Törnqvist	and	Hijma,	2012).	Its	heat	capacity	reduces	the	difference	
in	 local	 temperatures	 between	 summer	 and	winter,	 thus	 reducing	 summer	melt	 and	
increasing	the	surface	mass	balance	of	the	ice	sheet	(Hostetler	et	al.,	2000;	Krinner	et	al.,	
2004;	Peyaud	et	al.,	2007).	Although	the	lake	would	be	frozen	at	the	surface	for	a	large	
part	 of	 the	 year,	 in	 summer	 it	 would	 be	 ice-free	 (Breckenridge	 et	 al.,	 2012),	 thus	
influencing	the	temperature-albedo	feedback	(Krinner	et	al.,	2004).	Furthermore,	since	
the	lake	could	have	been	up	to	several	hundreds	of	meters	deep	at	the	grounding	line,	an	
ice	shelf	is	expected	to	form,	affecting	the	dynamics	of	the	ice	sheet.	
	
Many	recent	studies	have	focused	on	reproducing	the	evolution	of	the	large	continental	
ice	sheets	during	the	last	glacial	cycle	with	ice-sheet	models	without	including	proglacial	
lakes	(Zweck	and	Huybrechts,	2005;	Peyaud	et	al.,	2007;	Ganopolski	et	al.,	2010;	Goelzer	
et	al.,	2012;	Stokes	et	al.,	2012;	Abe-Ouchi	et	al.,	2013;	de	Boer	et	al.,	2013,	2014;	Gregoire	
et	 al.,	 2016;	 Berends	 et	 al.,	 2018).	 Several	 other	 studies	 have	 looked	 at	 the	 effect	
proglacial	 lakes	could	have	had	on	some	of	the	physical	 interactions	between	the	ice-
sheet	and	its	surroundings.	Hostetler	et	al.	(2000),	Krinner	et	al.	(2004)	and	Peyaud	et	
al.	(2007)	have	studied	the	effect	of	Eurasian	proglacial	lakes	on	the	regional	climate,	
and	 the	 resulting	change	 in	 the	 surface	mass	 balance	 of	 the	 ice	 sheet.	 Törnqvist	and	
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Hijma	(2012)	have	calculated	the	geoidal	fingerprint	of	the	lake,	comparing	it	to	different	
records	of	the	8.4	ky	sea-level	jump.	Han	and	Gomez	(2018)	investigated	the	effect	of	sea	
water	loading	on	postglacial	decay	times	in	the	Hudson	Bay	area,	and	concluded	that	a	
large	 part	 of	 the	 geographic	 variation	 in	 observed	 decay	 times	 can	 be	 explained	 by	
changes	in	water	loading	caused	by	changes	in	local	relative	sea-level.	However,	they	
only	included	changes	in	sea	water	depth	in	their	work;	the	effect	of	lake	water	loading	
from	postglacial	lakes	was	not	included.	Lambeck	et	al.	(2010)	inverted	observed	uplift	
rates	around	Scandinavia	to	calculate	ice	thickness	over	time	for	the	Fennoscandian	ice-
sheet	and	included	lake	water	loading	in	their	calculations.	They	concluded	that	“…the	
solution	is	not	affected	significantly	by	the	introduction	of	the	lake	loads.”	While	all	of	
these	studies	have	singled	out	one	single	physical	process	influenced	by	proglacial	lakes,	
none	of	them	have	yet	studied	the	entire	ice-sheet	‒	climate	‒	solid	Earth	‒	lake	system	
in	a	coupled	framework.	Particularly,	none	of	these	studies	have	investigated	the	effect	
of	a	possible	lacustrine	ice	shelf	on	ice	sheet	dynamics.	
	
In	 this	 study,	we	 attempt	 to	 constrain	 the	 effects	 these	 lakes	 could	 have	 had	 on	 the	
evolution	of	the	North	American	ice	sheet	during	the	last	glacial	cycle,	particularly	during	
the	deglaciation.	We	use	a	coupled	ice-sheet-shelf	‒	GIA	‒	sea-level	model	with	a	hybrid	
GCM-parametrised	climatological	 forcing	 to	 simultaneously	simulate	 the	behaviour	of	
the	North	American	and	Eurasian	ice	sheets,	as	well	as	the	ice	sheets	on	Greenland	and	
Antarctica.	 An	 especially	 developed	 algorithm	 (Berends	 and	 van	 de	 Wal,	 2016)	 is	
implemented	in	the	North	America	ice-sheet	model	to	determine	the	extent	and	depth	of	
proglacial	 lakes.	We	develop	a	parameterisation	to	describe	their	climatic	fingerprint,	
allow	lacustrine	ice	shelves	to	form,	and	account	for	the	effect	of	the	lakeʼs	mass	on	GIA	
and	the	geoid.	
	
7.2	Methodology	
	
7.2.1	Coupled	ice-sheet	–	sea-level	model 
To	simulate	the	evolution	of	the	ice	sheets	and	their	interaction	with	the	solid	Earth	and	
the	 geoid,	 we	 use	 the	 coupled	 3-D	 ice-sheet-shelf	 –	 sea-level	 model	 ANICE-SELEN,	
described	in	detail	in	Sect.	2.	Briefly,	the	mechanical	equations	for	 ice	flow	are	solved	
with	a	combination	of	the	shallow	ice	approximation	(SIA;	Morland	and	Johnson,	1980)	
for	grounded	ice	and	the	shallow	shelf	approximation	(SSA;	Morland,	1987)	for	floating	
ice.	A	thermodynamical	module	is	included	to	calculate	internal	ice	temperatures.	The	
surface	 mass	 balance	 is	 calculated	 using	 an	 insolation-temperature	 scheme.	 Melt	
underneath	 the	 ice	 shelves	 is	 calculated	based	on	a	combination	of	 the	 temperature-
based	formulation	by	Martin	et	al.	(2011)	and	the	glacial-interglacial	parameterization	
by	Pollard	&	DeConto	(2009),	calibrated	by	de	Boer	et	al.	(2013)	to	produce	realistic	
present-day	 Antarctic	 shelves	 and	 grounding	 lines.	 A	 more	 detailed	 explanation	 is	
provided	by	de	Boer	et	al.	 (2013)	and	references	 therein.	 Ice	calving	 is	described	by	
removing	any	shelf	ice	below	a	simple	threshold	thickness	of	200	m.	The	model	is	run	on	
four	 separate	 grids	 simultaneously,	 covering	 North	 America,	 Eurasia,	 Greenland	 and	
Antarctica.	Simulating	all	four	large	Pleistocene	ice	sheets	simultaneously	is	necessary	
to	properly	capture	the	changes	in	local	relative	sea-level	resulting	from	the	gravitational	
effects	of	the	ice	masses.	
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The	ANICE	ice-sheet	model	is	coupled	to	the	SELEN	solid	Earth	–	sea-level	model	(Spada	
and	Stocchi,	2007)	according	to	de	Boer	et	al.	(2014).	The	response	of	the	solid	earth	and	
the	geoid	to	changes	in	ice	and	water	loading	are	solved	self-consistently	(including	the	
perturbation	of	the	geoid	by	displaced	mantle	mass,	rotational	feedback,	and	an	ocean	
mask	which	is	updated	according	to	both	the	local	relative	sea-level	change	and	total	
ocean	 volume)	 every	 1,000	 model	 years.	 SELEN	 uses	 a	 grid	 of	 141,612	 hexagonal	
elements,	 resulting	 in	a	horizontal	 resolution	of	0.3°,	 or	33	km.	The	behaviour	of	 the	
spherically	 symmetrical	 solid	 earth	 is	 described	 by	 an	 elastic	 lithosphere	 and	 three	
Maxwell	viscoelastic	asthenosphere	layers.	
	
The	prescribed	climate	is	calculated	using	the	matrix	method	described	by	Berends	et	al.	
(2018).	Two	steady-state	simulations	with	the	HadCM3	general	circulation	model	(GCM;	
Gordon	et	al.,	2000;	Valdes	et	al.,	2017),	one	of	the	pre-industrial	period	and	one	of	the	
LGM	 (Singarayer	 and	 Valdes,	 2010),	 are	 combined	 based	 on	 externally	 prescribed	
atmospheric	 CO2	 from	 the	 EPICA	 Dome	 C	 ice	 core	 record	 (Lüthi	 et	 al.,	 2008),	 and	
internally	modelled	ice-sheet	geometry.	For	the	surface	temperature,	this	interpolation	
is	 based	 on	 the	 local	 product	 of	 inverted	 albedo	 and	 insolation,	 thus	 describing	 the	
albedo-temperature	feedback,	and	on	surface	elevation,	thereby	capturing	the	altitude-
temperature	 feedback,	 using	 a	 dynamically	 calculated	 adiabatic	 lapse	 rate.	 The	
interpolation	scheme	is	explained	in	more	detail	in	Berends	et	al.	(2018).	Precipitation	
is	interpolated	based	on	ice	thickness,	and	the	up-slope	wind	speed,	thus	producing	the	
orographic	forcing	of	precipitation	on	the	ice-sheet	margins	and	the	plateau	desert	effect	
over	the	dome	of	the	ice-sheet.	This	approach	is	based	on	the	parameterisation	by	Roe	
and	Lindzen	(2001)	and	Roe	(2002),	and	is	explained	in	more	detail	 in	Berends	et	al.	
(2018).	Using	the	atmospheric	pCO2	record	from	the	EPICA	ice	core	(Lüthi	et	al.,	2008),	
this	particular	model	set-up	has	been	used	to	successfully	simulate	the	evolution	of	the	
ice	sheets	during	the	last	glacial	cycle	in	terms	of	volume,	general	geographic	extent,	ice	
surface	temperature,	deep	ocean	temperature	and	benthic	d18O	(Berends	et	al.,	2018).	
	
7.2.2	Proglacial	lakes	in	the	ice-sheet	model	
This	studyʼs	major	addition	to	this	model	set-up	is	a	version	of	the	flood-fill	algorithm	
optimised	for	use	in	ice-sheet	models	(Berends	and	van	de	Wal,	2016),	which	is	used	to	
determine	the	depth	and	extent	of	proglacial	lakes	in	the	North	America	domain	of	the	
model.	Although	large	proglacial	lakes	also	existed	over	Eurasia	during	the	last	glacial	
cycle	(Björck,	1995;	Muschitiello	et	al.,	2016;	Margold	et	al.,	2018;	Lang	et	al.,	2019),	the	
aim	of	 this	 study	 is	 not	 to	 accurately	 reproduce	 the	 historical	 locations	 of	any	 or	 all	
proglacial	lakes.	Instead,	we	only	aim	to	investigate	their	possible	impact	on	ice	sheet	
evolution	 itself.	 Since	 the	 lakes	 over	 North	 America	 are	 thought	 to	 have	 been	much	
larger,	we	chose	to	implement	only	those	in	our	model.	
	
In	every	model	time-step,	local	minima	in	the	topography	along	the	ice-sheet	margin	are	
filled	with	water	until	they	overflow	into	the	sea.	Although	the	lakeʼs	water	balance	is	
not	explicitly	calculated,	we	believe	this	to	be	a	reasonable	approach.	The	depressions	in	
the	Earthʼs	crust	created	by	the	weight	of	the	ice	are	typically	have	a	depth	of	about	a	
third	of	the	ice	thickness,	meaning	that	when	the	ice	melts,	there	is	always	about	three	
times	more	meltwater	available	than	can	be	contained	by	the	lake.	Filling	is	done	at	2	km	
resolution,	using	the	ETOPO1	digital	elevation	model	(Amante	and	Eakins,	2009).	The	
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high	resolution	is	required	to	prevent	the	systematic	overestimation	of	lake	volume	that	
arises	when	small	river	beds,	which	limit	the	water	table	of	the	lake,	are	smoothed	out.	
A	preliminary	experiment,	where	the	entire	last	glacial	cycle	was	simulated	with	lakes	
filled	in	at	both	2	km	and	1	km	resolution,	showed	no	significant	difference	in	results,	
while	the	1	km	version	required	about	4	times	more	computation	time.	
	
The	effects	of	the	mass	of	the	lake	on	GIA,	sea-level	change	and	the	perturbation	of	the	
geoid	are	calculated	by	SELEN	in	the	same	way	as	they	are	for	the	mass	of	the	ice	sheets.	
Since	the	resulting	perturbation	of	the	geoid	is	included	in	the	algorithm	that	fills	the	
lakes	 (Berends	 and	 van	 de	Wal,	 2016),	 the	 self-gravitation	 of	 the	 lakes	 is	 implicitly	
included	as	well.	
	
Climate	fingerprint	
The	effect	of	the	presence	of	the	proglacial	lakes	on	the	local	and	regional	climate	was	
parameterised	based	on	the	findings	of	Krinner	et	al.	(2004).	At	every	model	time	step,	
the	land-lake-ocean	mask	is	compared	to	the	masks	in	the	reference	GCM	climate	states	
from	the	climate	matrix.	If	a	grid	cell	contains	land	in	the	reference	state,	but	contains	
water	in	the	model	state	(either	lake	water	or	ocean	water),	its	seasonal	temperature	
cycle	is	both	delayed	and	damped	with	respect	to	that	reference	state.	First,	the	series	of	
monthly	temperature	values	over	land	in	a	GCM	reference	state	𝑇ÈÅÉ,k{,®(𝑥, 𝑦, 𝑡),	where	
t	indicates	the	time	of	year,	is	decomposed	into	an	annual	mean	value	𝑇{,,�{k(𝑥, 𝑦)	and	
a	seasonal	cycle	𝑇zi{zl,,k{,®(𝑥, 𝑦, 𝑡),	such	that:	
	
	 𝑇ÈÅÉ,k{,®(𝑥, 𝑦, 𝑡) = 𝑇{,,�{k(𝑥, 𝑦) + 𝑇zi{zl,,k{,®(𝑥, 𝑦, 𝑡)	 (7.1)	
	
The	seasonal	cycle	is	then	delayed	by	t	and	damped	by	𝑐 < 1,	such	that	
	
	 𝑇zi{zl,,�{|ih(𝑥, 𝑦, 𝑡) = 𝑐 ∙ 𝑇zi{zl,,k{,®(𝑥, 𝑦, 𝑡 − t).	 (7.2)	
	
𝑇ÈÅÉ,�{|ih	is	then	calculated	by	adding	𝑇{,,�{k 	and	𝑇zi{zl,,�{|ih:		
	
	 𝑇ÈÅÉ,�{|ih(𝑥, 𝑦, 𝑡) = 𝑇{,,�{k(𝑥, 𝑦) + 𝑇zi{zl,,�{|ih(𝑥, 𝑦, 𝑡).	 (7.3)	
	
For	grid	cells	that	contain	water	in	the	model	state,	but	contain	land	in	the	reference	GCM	
state,	 the	 calculation	 in	 Eq.	 7.2	 is	 inverted,	 amplifying	 the	 seasonal	 cycle	 by	 5

¶
	 and	

advancing	it	by	t	instead	of	delaying	it.	Subtracting	the	reference	temperature	field	from	
the	result	yields	the	spatially	variable	monthly	temperature	perturbation	∆𝑇«{zÞ(𝑥, 𝑦, 𝑡),	
caused	by	the	land-water	mask	changes:		
	
	

∆𝑇«{zÞ(𝑥, 𝑦, 𝑡) = ·
𝑇ÈÅÉ,�{|ih(𝑥, 𝑦, 𝑡) − 𝑇ÈÅÉ,k{,®(𝑥, 𝑦, 𝑡)					for	grid	cells	with	new	water,
𝑇ÈÅÉ,k{,®(𝑥, 𝑦, 𝑡) − 𝑇ÈÅÉ,�{|ih(𝑥, 𝑦, 𝑡)		for	grid	cells	with	new	land.

																						0																																																														for	grid	cells	with	no	mask	changes
	 (7.4)	

	
This	is	done	for	both	reference	GCM	climate	states	in	the	climate	matrix,	after	which	the	
two	resulting	temperature	perturbation	fields	(one	for	mask	changes	with	respect	to	the	
PI	 snapshot,	 and	 one	 for	 the	 LGM	 snapshot)	 are	 combined	 according	 to	 the	 same	
weighting	approach	used	for	the	rest	of	the	climate	matrix,	as	explained	in	more	detail	
by	Berends	et	al.	(2018).	Lastly,	the	resulting	temperature	perturbation	field	is	smoothed	
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spatially	 using	 a	 2-D	 Gaussian	 filter	 with	 a	 half-width-at-half-maximum	 𝑅z«ll|Z ,	 to	
represent	the	cooling	effect	the	lake	has	beyond	its	own	shorelines.	Based	on	the	results	
of	Krinner	et	al.	(2004),	𝑅z«ll|Z 	was	found	to	have	an	allowed	range	of	400	to	1200	km.	
	
Lacustrine	sub-shelf	melt	
Where	the	combination	of	ice	thickness	and	water	depth	(either	ocean	or	lake)	satisfies	
the	flotation	criterion	(for	either	salt	or	fresh	water,	respectively),	an	ice	shelf	is	formed	
in	the	model,	and	a	value	for	a	sub-shelf	melt	rate	needs	to	be	calculated	or	prescribed.	
Constraining	 this	 melt	 rate	 based	 on	 present-day	 observations	 of	 either	 existing	
proglacial	lakes	or	existing	ice	shelves	is	difficult.	Although	several	present-day	glaciers	
in	Alaska	and	Patagonia	terminate	in	small	freshwater	lakes	(Warrren	et	al.,	2001;	Röhl,	
2006;	Boyce	et	al.,	2007;	Sakakibara	et	al.,	2013;	Trüssel	et	al.,	2013;	Truffer	and	Motyka,	
2016),	they	are	not	feasible	analogues	for	the	Agassiz	lake-shelf	system.	The	lakes	these	
present-day	glaciers	terminate	into	are	relatively	small	and	shallow,	unlike	the	very	large	
and	deep	Lake	Agassiz.	Many	present-day	lake-terminating	glaciers	are	located	at	very	
high	latitudes,	where	the	lake	temperature	is	controlled	by	the	cold	ice	discharge	rather	
than	incoming	sunlight,	resulting	in	very	cold	(<	1	�C)	lakes	(Truffer	and	Motyka,	2016).	
The	meltwater	generated	by	the	glacier	terminus	is	therefore	not	generating	a	buoyancy-
driven	 circulation	 in	 the	 lake.	 A	 few	 glaciers	 located	at	 lower	 latitudes,	 in	 Patagonia	
around	 50	 �S,	 also	 terminate	 in	 lakes.	 There,	 in	 summer,	 lake-water	 surface	
temperatures	can	exceed	4	�C,	while	some	even	higher	deep-water	temperatures	near	
glacier	 termini	 have	 been	 reported	 (Truffer	 and	Motyka,	 2016).	 The	 largest	 of	 these	
lakes,	Lago	Argentino,	 lying	at	 the	 terminus	of	Glaciar	Upsala,	has	a	maximum	water	
depth	at	the	grounding	line	of	about	500	m	(Sakakibara	et	al.,	2013),	deep	enough	to	
allow	part	of	the	glacier	tongue	to	float.	However,	the	surface	area	of	Lago	Argentino	is	
around	150	km2,	three	orders	of	magnitude	smaller	than	Lake	Agassiz	at	its	maximum	
extent,	implying	that	it	is	still	likely	too	small	to	provide	an	analogue	for	Lake	Agassiz	in	
terms	of	the	lakeʼs	energy	balance	and	temperature.	
	
Similarly,	attempting	to	extrapolate	the	knowledge	about	present-day	ice	shelves	onto	
the	 lacustrine	Agassiz	 ice	 shelf	 seems	unfeasible.	The	basal	melt	 rate	beneath	 the	 ice	
shelves	of	Antarctica	is	determined	partly	by	the	geometry	of	the	water	cavity	between	
the	bottom	of	the	shelf	and	the	ocean	floors,	which	limits	the	influx	of	warm	ocean	water,	
and	partly	by	the	temperature	of	this	water	(Depoorter	et	al.,	2013;	Rignot	et	al.,	2013;	
Lazeroms	et	al.,	2018).	This	warm	water	is	drawn	in	by	the	circulation	caused	by	the	
buoyancy	of	the	fresh	meltwater	in	a	body	of	otherwise	saline	ocean	water.	Since	the	
water	 of	 the	 proglacial	 lake	 is	 fresh,	 such	 a	 circulation	 will	 not	 arise,	 meaning	
parameterisations	 based	 on	 observations	 of	 present-day	 Antarctic	melt	 rates	 are	 of	
limited	value.		
	
Therefore,	 lacking	 comparable	 present-day	 analogues,	 we	 instead	 approached	 this	
problem	from	a	theoretical	point	of	view.	We	performed	a	zeroth-order	estimate	of	the	
lakeʼs	energy	balance,	for	different	ice-sheet	‒	lake	configurations.	In	order	to	estimate	
the	 amount	 of	 solar	 heat	 absorbed	 yearly	 by	 the	 lake,	 we	 integrated	 the	 monthly	
insolation	over	the	part	of	the	lake	that	was	not	covered	by	the	ice	shelf	and	not	frozen	
over	during	that	month,	assuming	that	the	lake	freezes	when	the	monthly	mean	surface	
temperature	 drops	 below	0	�C	 and	 thaws	when	 temperatures	 rise	 above	 this	 value.	
Dividing	this	heat	by	the	surface	area	of	the	shelf,	multiplied	by	the	latent	heat	of	fusion	
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of	water,	yields	the	maximum	yearly	melt	rate	that	could	be	achieved	if	all	this	heat	were	
used	to	melt	the	shelf.	The	resulting	values	range	from	7	m	y-1,	for	a	configuration	with	
a	 large	 shelf,	 with	 only	 a	 narrow	 band	 of	 exposed	 water,	 to	 over	 80	 m	 y-1	 for	 a	
configuration	with	a	small	shelf	and	large	area	of	exposed	water.	Based	on	these	results,	
as	 well	 as	 on	 reported	 basin-averaged	 melt	 rates	 underneath	 Antarctic	 ice	 shelves	
(Depoorter	et	al,	2013;	Rignot	et	al.,	2013;	Lazeroms	et	al.,	2018),	we	chose	a	range	of	
values	for	the	sub-shelf	melt	rate	of	0	‒	14	m	y-1.	
	
	
7.3	Experimental	set-up	and	results		
	
7.3.1	Sub-shelf	melt	rate	and	climate	fingerprint	
In	the	first	experiment,	the	effects	of	the	lakes’	climate	fingerprint	and	sub-shelf	melt	are	
studied	by	performing	simulations	with	different	values	for	the	parameters	describing	
these	processes.	Based	on	the	findings	of	Krinner	et	al.	(2004),	we	explored	the	following	
range	of	parameters:		0	–	3	months	for	the	seasonal	temperature	delay	t,		1.0	to	-0.2	for	
the	seasonal	 temperature	damping	c,	 and	400	–	1200	km	 for	 the	spatial	 temperature	
smoothing	radius	𝑅z«ll|Z .	
	
We	simulated	the	period	between	the	LGM	(21	kyr	ago,	according	to	the	GCM	simulation	
by	Singarayer	and	Valdes	(2010),	which	was	used	for	our	climatological	forcing)	and	the	
present	day.	During	this	deglaciation,	the	proglacial	lakes	were	much	larger	than	during	
the	 inception	 phase	 of	 the	 glacial	 cycle,	 owing	 to	 the	 much	 deeper	 topographic	
depression	left	by	the	retreating	ice.	The	model	was	initialised	with	the	LGM	ice-sheets	
from	a	previous	simulation	of	the	last	glacial	cycle	by	Berends	et	al.	(2018),	who	used	the	
same	ANICE	model	version,	but	without	including	proglacial	 lakes.	The	resulting	LGM	
ice-sheet	is	not	very	accurate	in	terms	of	geographic	extent,	with	an	ice	margin	that	lies	
up	to	950	km	too	far	to	the	north	in	the	Canadian	mid-west.	However,	the	aim	of	this	
study	is	not	to	produce	an	accurate	reconstruction	of	ice-sheet	geometry	which	complies	
with	 known	observational	 evidence,	 but	 rather	 to	 investigate	 the	 effect	 of	 proglacial	
lakes	within	the	coupled	system	of	ice	sheets,	climate	and	sea-level.	If	the	initial	ice	sheet	
is	not	fully	equilibrated	with	the	prescribed	climatology,	any	initial	increase	or	decrease	
in	ice	volume,	or	other	results,	could	well	be	an	initialisation	artefact.	We	therefore	chose	
to	initialise	the	model	using	a	geographically	inaccurate	ice-sheet	that	is	in	equilibrium	
with	the	prescribed	climate.	
	
In	 order	 to	 separate	 the	 different	 feedback	 processes,	 SELEN	 was	 not	 used	 in	 this	
experiment.	Instead,	bedrock	adjustment	is	described	using	an	ELRA	model	(EL	=	elastic	
lithosphere,	 RA	=	 viscous	 relaxed	asthenosphere;	 Le	Meur	 and	Huybrechts,	 1996;	 de	
Boer	et	al.,	2013)	with	a	response	time	of	3,000	years.	The	model	was	forced	with	the	
EPICA	CO2	record	(Lüthi	et	al.,	2008),	using	the	matrix	method	described	in	Sect.	7.2.1	
(Berends	et	al.,	2018).	
The	modelled	North	American	ice	sheet	complex	and	the	adjacent	proglacial	lakes	are	
shown	 in	 Fig.	 7.1	 for	 several	 points	 in	 time	during	 the	deglaciation,	 for	 a	 simulation	
including	 both	 the	climate	 fingerprint	 and	a	 10	m	yr-1	 lacustrine	 sub-shelf	melt	 rate.	
Within	a	few	hundred	years,	the	ice	sheet	margin	retreats	north	from	the	present-day	
southern	shore	of	Hudson	Bay,	all	the	way	to	Baffin	Island.	The	retreat	of	the	ice	sheet	
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over	the	Hudson	Bay	area,	where	the	bedrock	slope	is	reversed,	happens	much	more	
slowly	in	simulations	where	the	lacustrine	sub-shelf	melt	rate	is	set	to	zero.	This	suggests	
that,	in	a	manner	similar	to	MISI,	the	disintegration	of	the	ice	shelf	and	the	accompanying	
reduction	in	the	buttressing	provided	by	the	ice	shelf	lead	to	a	rapid	retreat	of	the	ice	
sheet.	We	dub	this	phenomenon	“lacustrine	ice-sheet	instability”	(LISI).	

	
Figure	7.1:	The	modelled	Laurentide	ice	sheet	and	proglacial	lakes	at	several	points	in	time	
during	 the	 deglaciation,	 for	 the	 “full”	 simulation.	 Shown	are	 the	 surface	 topography	 of	
exposed	 bedrock	 (variable	 colours),	 the	 ice	 sheet	 (white),	 the	 ice	 shelf	 (light	 blue),	 the	
proglacial	lakes	(medium	blue)	and	the	ocean	(dark	blue).	The	lake	drains	between	13.5	
and	13	kyr	ago,	but	since	most	of	the	bedrock	is	below	sea	level,	it	remains	submerged	by	
the	newly	formed	Tyrell	Sea.	Present-day	shorelines	are	shown	by	dashed	lines.	

The	effects	of	varying	the	lacustrine	sub-shelf	melt	rate	on	the	retreat	of	the	Laurentide	
ice	sheet	and	global	mean	sea	level	(without	including	the	climate	fingerprint)	are	shown	
in	Fig.	7.2,	panel	A.	The	results	of	the	default	simulation,	with	no	sub-shelf	melt	and	no	
climate	fingerprint,	are	shown	by	the	solid	lines.	The	results	from	adding	a	finite	sub-
shelf	melt	rate	are	shown	by	the	shaded	areas.	As	expected,	an	increase	in	the	sub-shelf	
melt	 rate	 results	 in	 a	 more	 rapid	 retreat	 of	 the	 Laurentide	 ice	 sheet	 and	 a	 higher	
maximum	 rate	 of	 global	mean	 sea-level	 rise.	Without	 any	 sub-shelf	melt,	 the	model	
produces	a	peak	rate	of	global	mean	sea-level	 rise	 (resulting	 from	all	 four	 ice	 sheets	
together)	of	~20	mm	yr-1,	occurring	between	14.5	and	13.5	kyr	ago.	Adding	a	lacustrine	
sub-shelf	melt	rate	of	14	m	yr-1	increases	the	maximum	rate	of	sea-level	rise	to	~35	mm	
yr-1.	This	agrees	with	the	highest	observed	rate	of	global	mean	sea-level	rise	of	30	–	60	
mm	yr-1,	during	meltwater	pulse	1a	(MWP1a;	Cronin,	2012;	Lambeck	et	al.,	2014),	which	
occurred	~14.6	kyr	ago.	The	relation	between	the	prescribed	lacustrine	sub-shelf	melt	
rate	and	the	modelled	peak	rate	of	global	mean	sea-level	rise	is	shown	in	Fig.	7.3,	both	
with	and	without	the	climate	fingerprint.	This	indicates	that,	in	order	to	reproduce	the	
lower	limit	of	the	observed	rate	of	sea-level	rise	of	30	mm	y-1	during	MWP1a,	a	lacustrine	
sub-shelf	melt	of	at	least	8	m	y-1	is	required.	This	value	is	within	the	range	of	observed	
values	underneath	present-day	Antarctic	ice	shelves.	
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Fig.	 7.2,	 panel	 B	 shows	 the	 results	 for	 the	 experiment	where	 the	 parameters	 of	 the	
climate	 fingerprint	 parameterisation	were	 changed,	without	 including	 any	 lacustrine	
sub-shelf	melt.	The	solid	line	shows	the	results	of	the	default	simulation,	without	any	
climate	 fingerprint,	 identical	 to	 the	 solid	 line	 in	 panel	A.	 As	 expected,	 increasing	 the	
magnitude	of	the	damping	and	delay	of	the	seasonal	temperature	cycle	around	the	lake	
results	 in	colder	summers,	warmer	winters	and	a	more	positive	surface	mass	balance	
over	the	part	of	the	ice	sheet	bordering	the	lake.	This	delays	the	retreat	of	the	Laurentide	
ice	sheet	and	reduces	the	rate	of	global	mean	sea-level	rise.	This	is	in	line	with	the	work	
published	by	Peyaud	et	al.	(2007),	who	observed	a	similar	effect	of	proglacial	lakes	on	
the	evolution	of	the	Eurasian	ice	sheet.	
	

	
Figure	7.2:	Laurentide	ice	sheet	sea-level	contribution	(green;	left	y-axis)	and	rate	of	global	
mean	sea-level	rise	(blue;	right	y-axis;	including	the	contributions	from	the	other	three	ice	
sheets)	during	the	last	deglaciation,	compared	to	the	rate	during	MWP1a	(30	–	60	mm	yr-
1;	 Cronin,	 2012;	 red	 shaded	 area).	 The	 default	 simulation	 (solid	 lines)	 includes	 neither	
lacustrine	 basal	melt	 nor	 a	 lacustrine	 climate	 fingerprint.	 The	 shaded	 areas	 show	 the	
results	from	varying	either	the	lacustrine	sub-shelf	melt	rate	(A)	or	the	climate	fingerprint	
parameters	(B).	

When	 including	 both	 the	 delay	 and	 damping	 of	 the	 seasonal	 temperature	 cycle,	
calibrated	to	match	the	results	by	Krinner	et	al.	(2004),	the	modelled	ice	sheet	does	not	
fully	disappear	at	the	end	of	the	deglaciation,	leaving	a	small	ice	sheet	over	Ellesmere	
Island.	This	could	likely	be	solved	by	recalibrating	the	ablation	tuning	parameter	in	the	
surface	 mass	 balance	 calculation,	 which	 was	 calibrated	 by	 Berends	 et	 al.	 (2018)	 to	
produce	an	ice	sheet	at	LGM	with	a	volume	matching	that	based	on	sea-level	records.	
Since	the	lake	climate	fingerprint	constitutes	a	new	term	in	the	mass	balance	equation,	
every	set	of	values	for	the	damping,	delay	and	smoothing	parameters	would	require	a	
different	 value	 for	 this	 ablation	 parameter	 to	 produce	 a	 correctly-sized	 ice	 sheet.	
However,	 performing	 this	 recalibration	 would	 not	 in	 any	 way	 alter	 the	 qualitative	
conclusions	 drawn	 from	 these	 results,	 namely	 that	 the	 impact	 of	 the	 lake	 climate	
fingerprint	on	the	rate	of	retreat	of	the	ice	sheet	is	smaller	than	the	impact	of	lacustrine	
sub-shelf	melt.	As	we	are	more	interested	in	understanding	the	physical	processes	than	
in	creating	a	precise	reconstruction,	we	did	not	do	this.	
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Figure	7.3:	Maximum	rate	of	global	mean	sea-level	rise	(from	all	four	ice-sheets	together)	
against	prescribed	lacustrine	sub-shelf	melt	rate,	both	with	(green)	and	without	(red)	the	
climate	fingerprint.	

7.3.2	Interactions	with	the	solid	earth	and	sea-level	
In	this	experiment	we	investigated	the	effects	of	lake	water	loading	on	GIA	and	the	geoid,	
using	SELEN.	All	of	the	simulations	include	both	a	10	m	yr-1	lacustrine	sub-shelf	melt	rate	
and	the	lake	climate	fingerprint.	As	the	input	earth	model	is	user-defined,	we	chose	to	
investigate	a	range	of	earth	model	parameters.	Since	a	more	viscous	asthenosphere	leads	
to	a	slower	response	of	the	bedrock	to	changes	in	surface	loading,	the	depression	left	by	
the	ice	sheet	during	the	deglaciation	will	linger	for	a	longer	time.	This	means	that	the	
lake	can	become	deeper,	containing	more	water	and	possibly	inducing	a	stronger	retreat	
of	the	adjacent	ice	sheet.	The	chosen	set	of	mantle	viscosity	profiles	is	listed	in	Table	7.1,	
with	 the	 range	 of	 investigated	 values	 based	 on	 the	 available	 literature	 (Forte	 and	
Mitrovica,	1996;	Davis	et	al.,	1999;	Kaufmann	and	Lambeck,	2000,	2002;	Mitrovica	et	al.,	
2000;	Westaway	et	al.,	2002;	Milne	et	al.,	2004;	Bergstrand	et	al.,	2005;	Whitehouse	et	
al.,	2006;	Sella	et	al.,	2007;	Argus	and	Peltier,	2010;	Wu	et	al.,	2010;	Thomas	et	al.,	2011;	
Spada	 et	 al.,	 2012;	 de	 Boer	 et	 al.,	 2014).	 In	 all	 simulations,	 the	 elastic	 lithosphere	
thickness	was	set	to	96	km.	
	
Table	 7.1:	 Literature	 values	 for	 depth-dependent	 ranges	 of	 asthenosphere	 viscosity	 (Argus	 and	
Peltier,	2010;	Bergstrand	et	al.,	2005;	de	Boer	et	al.,	2014;	Davis	et	al.,	1999;	Forte	and	Mitrovica,	
1996;	Kaufmann	and	Lambeck,	2000,	2002;	Milne	et	al.,	2004;	Mitrovica	et	al.,	2000;	Sella	et	al.,	2007;	
Spada	et	al.,	2012;	Thomas	et	al.,	2011;	Westaway	et	al.,	2002;	Whitehouse	et	al.,	2006;	Wu	et	al.,	
2010),	and	the	7	profiles	that	were	chosen	based	on	the	ranges.	All	values	are	given	in	1021	Pa	s.	The	
default	profile	(P1)	was	chosen	for	the	coupled	ANICE-SELEN	model	by	de	Boer	et	al.	(2014).	

Depth Literature values Prescribed viscosity profiles 
Low Mean High P1 (default) P2 P3 P4 P5 P6 P7 

120 – 420 km 0.1 0.5 5.0 0.5 0.1 0.5 0.1 1.0 0.5 1.0 
420 – 670 km 0.2 1.0 10 2.5 1.0 5.0 0.3 5.0 0.75 1.5 
670 – 2900 km 1.0 3.0 50 12.5 10 50 1.0 25 1.13 2.25 

	

	
The	effects	of	varying	the	earth	viscosity	profile	on	the	retreat	of	the	North	American	ice	
sheet	complex	and	global	mean	sea	level	are	shown	in	Fig.	7.4,	panel	A.	The	solid	line	
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shows	the	results	from	the	simulation	including	both	lacustrine	sub-shelf	melt	and	the	
climate	fingerprint,	but	using	the	ELRA	model	instead	of	SELEN.	Using	SELEN	to	calculate	
the	perturbation	to	the	geoid	delays	the	deglaciation	by	1,500	to	3,000	years,	depending	
on	 the	prescribed	viscosity	profile.	This	 is	partly	due	 to	 the	 reduced	sea-level	–	melt	
feedback;	when	the	ice	sheet	retreats,	relative	sea-level	near	the	ice	sheet	falls,	allowing	
the	grounding	line	to	advance	and	slowing	down	the	retreat.	Another	effect	on	the	retreat	
rate	is	related	to	the	delayed	bedrock	response;	a	less	viscous	asthenosphere	allows	for	
a	more	rapid	rebound	of	the	solid	earth,	reducing	the	water	depth	at	the	ice	margins	and	
slowing	down	the	retreat.	

	

Figure	7.4,	A:	North	American	ice	sheet	sea-level	contribution	(green;	left	y-axis)	and	rate	
of	global	mean	sea-level	rise	(blue;	right	y-axis)	during	the	last	deglaciation,	compared	to	
meltwater	pulse	1a	(Cronin,	2012)	for	the	SELEN	experiment	with	different	asthenosphere	
viscosity	profiles	(shaded	area),	compared	to	MWP1a	(Cronin,	2012;	red	shaded	area).	The	
default	simulation	with	ELRA	instead	of	SELEN	is	shown	by	the	solid	 lines.	B:	Total	 lake	
volume	over	time	for	the	same	set	of	simulations,	now	shown	as	individual	lines.	Peak	lake	
volumes	vary	between	1.3	and	1.8	m	s.l.e.,	final	drainage	times	vary	between	13.4	and	8.8	
kyr	ago	(green	shaded	area),	compared	to	observed	values	of	1.0	–	3.0	m	s.l.e.	and	8.8	-	8.0	
kyr	ago	(red	shaded	area).	The	viscosity	profiles	P1-P7	are	listed	in	Table	1.	

Fig.	 7.4,	 panel	 B	 shows	 the	 total	 volume	 (above	 flotation,	 in	 meters	 of	 sea-level	
equivalent)	of	the	simulated	proglacial	lake,	for	the	different	viscosity	profiles.	Changing	
the	prescribed	viscosity	profile	results	in	a	differently	shaped	topographic	depression,	
affecting	the	both	volume	of	the	lake	and	the	timing	of	the	drainage.	Especially	this	timing	
is	shown	to	be	very	sensitive	to	the	prescribed	viscosity,	ranging	from	8.8	kyr	to	13.4	kyr	
ago.	 The	 two	 simulations	 where	 the	 drainage	 event	 occurs	 closest	 to	 known	
observational	data	(8,440	yr	B.P.;	Roy	et	al.,	2011),	P3	(yellow	line)	and	P5	(green	line),	
have	the	highest	viscosity	values	of	all	profiles	(see	Table	7.1),	and	therefore	the	stiffest	
mantle.	 The	 smaller-volume	 lake	 persisting	 even	 after	 8.8	 kyr	 ago	 in	 the	 P3	 and	 P5	
simulations	is	a	result	of	the	 relatively	coarse	40	km	horizontal	resolution	of	 the	ice-
sheet	model.	At	this	resolution,	the	Hudson	Strait	is	too	shallow,	resulting	in	a	narrow	
ice	dam	persisting	over	this	area,	preventing	the	complete	drainage	of	the	lake.	In	an	
additional	simulation,	where	the	Hudson	Strait	was	manually	altered	so	that	the	depth	
of	the	channel	is	represented	correctly,	this	no	longer	occurred.	Since	this	change	did	not	
significantly	affect	any	of	the	other	model	results,	we	decided	not	to	include	this	manual	
alteration	to	the	topography	in	the	other	simulations.	
	
In	all	the	previous	experiments,	the	loading	that	was	prescribed	to	SELEN,	to	calculate	
the	deformation	of	the	solid	Earth	and	the	perturbation	of	the	geoid,	included	both	the	
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loading	of	the	ice	itself	and	of	the	water	from	the	proglacial	lakes.	In	order	to	determine	
the	relative	contribution	of	the	latter,	a	term	which	is	typically	neglected	in	local	relative	
sea-level	 reconstructions	 and	 earth	 viscosity	 inversions,	we	performed	 an	 additional	
pair	of	simulations,	one	with	and	one	without	the	loading	effect	from	the	proglacial	lakes	
included	in	SELEN.	The	results	from	these	simulations	are	shown	in	Fig.	7.5.	Modelled	
bedrock	uplift	and	sea	surface	change	are	shown	for	two	locations	in	areas	of	interest	for	
GIA	reconstructions:	the	southwestern	coast	of	Hudson	Bay	(panel	A,	red	dot),	and	the	
Atlantic	 coast	 near	 Boston	 (panel	 A,	 red	 dot).	 For	 these	 simulations,	 the	 prescribed	
viscosity	profile	was	reset	to	the	“default”	profile	by	de	Boer	et	al	(2014;	see	Table	7.1).	
For	 both	 experiments	 and	 locations,	 panel	 B	 shows	 the	modelled	 bedrock	 uplift	and	
panel	C	shows	the	modelled	sea	surface	change.	Panel	A	shows	the	modelled	ice	sheet	
and	lakes	at	12	kyr	ago,	indicated	by	the	vertical	dashed	lines	in	panels	B	and	C.	Since	the	
only	difference	between	the	two	simulations	is	the	inclusion	(solid	lines)	or	exclusion	
(dashed	lines)	of	lake	water	loading,	the	difference	in	modelled	bedrock	uplift	and	sea	
surface	height	is	 largest	at	the	time	when	the	lake	is	 largest.	At	this	point	 in	time,	the	
lake-induced	reduction	in	bedrock	uplift	is	about	-25	m,	while	the	increase	in	sea	surface	
height	is	about	38	m.	

	
Figure	 7.5:	 Bedrock	 uplift	 and	 sea	 surface	 height	 change	 during	 the	 last	 deglaciation,	
modelled	with	and	without	lake	loading.	A:	The	Laurentide	ice	sheet	and	adjacent	lakes	as	
modelled	 12	 kyr	 years	 ago.	 The	 present-day	 coastline	 is	depicted	 by	 a	dashed	 line.	 The	
locations	of	the	two	reconstruction	sites,	near	the	Hudson	Bay	and	near	Boston,	are	shown	
by	red	dots.	B:	Bedrock	uplift	over	time	at	the	two	locations,	as	modelled	with	(solid	lines)	
and	without	(dashed	lines)	the	inclusion	of	lake	loading.	C:	Sea	surface	height	over	time	at	
the	two	locations.	

Additional	simulations	with	different	viscosity	profiles,	where	lake	loading	was	likewise	
excluded,	showed	similar	results.	A	higher	average	viscosity	produces	a	smaller	signal	
that	remains	for	a	longer	time	after	the	lake	drains,	a	lower	viscosity	produces	a	larger	
signal	 that	disappears	more	rapidly.	Although	 the	changes	 in	 loading	history	and	 the	
resulting	changes	in	bedrock	uplift	are	relatively	small,	the	effect	is	always	of	the	same	
sign,	and	largest	around	the	Hudson	Bay	area.	Since	many	sea-level	reconstructions	(e.g.	
Gough	and	Robinson,	2000;	Mitrovica	et	al.,	2000;	Mitrovica	and	Forte,	2004;	Simon	et	
al.,	2014;	Vacchi	et	al.,	2018)	and	uplift	observations	(e.g.	Mitrovica	et	al.,	2000;	Mitrovica	
and	Forte	2004;	Sella	et	al.,	2007;	Wu	et	al.,	2010;	Roy	and	Peltier,	2017)	are	obtained	in	
this	area,	this	suggests	the	existence	of	a	bias	in	inversions	of	loading	history	or	mantle	
viscosity	that	do	not	account	for	lake	loading.	
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7.4	Conclusions	and	discussion	
	
We	 have	 investigated	 for	 the	 first	 time	 the	 influence	 of	 proglacial	 lakes	 on	 the	 local	
climate,	ice	sheet	dynamics	and	relative	sea	level	using	a	coupled	ice-sheet-shelf	–	sea-
level	model.	We	have	shown	that	 ice	sheet	dynamics	during	the	deglaciation	are	very	
sensitive	to	the	poorly	constrained	lacustrine	sub-shelf	melt.	A	lacustrine	sub-shelf	melt	
rate	of	at	least	8	m	yr-1	is	required	to	produce	a	rate	of	global	mean	sea-level	rise	of	30	
mm	yr-1	at	MWP1a	(the	minimum	rate	as	estimated	from	observational	evidence).	Since	
the	 accelerated	 retreat	 occurs	 when	 the	 lacustrine	 sub-shelf	 melt	 leads	 to	 the	
disintegration	of	the	ice	shelf	buttressing	the	ice	sheet	over	the	reverse-sloped	bedrock	
of	 the	Hudson	Bay	 area,	 in	a	manner	 very	 similar	 to	MISI,	we	dub	 this	 phenomenon	
“lacustrine	ice-sheet	instability”	(LISI).	
	
We	parameterised	 the	climate	 fingerprint	of	 the	 lake,	where	 the	heat	 capacity	of	 the	
water	 results	 in	both	a	delay	and	a	damping	of	 the	 local	 seasonal	 temperature	cycle,	
according	to	Krinner	et	al.	(2004).	We	find	results	similar	to	those	of	Krinner	et	al.	(2004)	
and	Peyaud	et	al.	(2007),	showing	an	increase	in	mass	balance	over	the	ice	sheet	margin	
adjacent	to	the	lake,	and	a	resulting	delayed	retreat	of	the	ice	sheet.	In	terms	of	the	rate	
of	retreat	of	the	ice	sheet,	and	the	resulting	rate	of	global	mean	sea-level	rise,	the	impact	
of	the	lake’s	climate	fingerprint	is	much	smaller	than	that	of	the	lacustrine	sub-shelf	melt.	
	
We	also	investigated	the	effect	of	proglacial	lakes	on	GIA	and	relative	sea-level,	using	the	
same	model	set-up	but	now	coupled	to	the	SELEN	sea-level	equation	model.	We	have	
shown	that	prescribing	different	mantle	viscosity	profiles,	all	within	the	range	of	values	
reported	in	literature,	affects	the	volume	and	extent	of	the	proglacial	lakes	much	more	
strongly	 than	 that	 of	 the	 ice	 sheet	 itself,	 because	 of	 the	 change	 in	 the	 depth	 of	 the	
depression	in	the	Earth’s	crust	 left	by	the	retreating	ice.	The	changes	in	lake	volume,	
extent	and	depth,	in	turn,	affect	ice	sheet	dynamics	through	the	resulting	changes	in	sub-
shelf	melt	and	seasonal	surface	temperatures.	Our	results	show	that,	at	locations	close	
to	 the	 lake,	 such	as	 the	shore	of	 the	present-day	Hudson	Bay,	 the	additional	bedrock	
deformation	resulting	from	the	lake	loading	can	be	up	to	25	m	at	the	time	of	the	lake’s	
drainage	(on	top	of	a	deformation	of	~60	m	due	to	the	weight	of	just	the	ice	sheet).	Since	
inversions	of	loading	history	or	mantle	viscosity	based	on	observed	uplift	rates,	as	well	
as	 reconstructions	of	 local	 relative	sea	 level,	 in	 the	current	 literature	 typically	do	not	
include	this	lake	loading	term	in	the	loading	history,	this	suggests	the	existence	of	a	bias	
in	such	reconstructions.		
	
As	was	mentioned	in	Sect.	7.3.2,	the	horizontal	resolution	of	40	km	is	too	low	to	properly	
resolve	 the	Hudson	 Strait,	which	 leads	 to	 the	 persistence	 of	an	 ice	 dam	blocking	 the	
Strait,	preventing	 the	 lake	 from	draining.	Additional	 simulations	show	that,	when	 the	
surface	topography	field	is	manually	altered	to	adjust	the	Strait	to	the	proper	depth,	this	
ice	dam	breaks	much	earlier	during	the	deglaciation.	Since	similar	inaccuracies	can	be	
expected	to	occur	over	the	many	narrow	channels	of	the	Canadian	archipelago,	a	model	
aiming	 to	 create	 an	 accurate	 reconstruction	 of	 the	 deglaciation,	 including	 proglacial	
lakes,	should	be	run	at	a	resolution	high	enough	to	properly	represent	these	channels.	
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The	largest	uncertainty	in	our	simulated	ice-sheet	volumes	and	retreat	rates	comes	from	
the	 range	 of	 prescribed	 sub-shelf	melt	 rates.	 Constraining	 this	melt	 rate	would	 be	 a	
valuable	subject	of	future	research.	Our	zeroth-order	estimates	of	maximum	melt	rates	
based	on	available	solar	heat	indicates	that	the	melt	rate	could	be	strongly	dependent	on	
the	geometry	of	the	lake	and	the	ice	shelf.	We	therefore	believe	that	the	next	step	to	take,	
is	to	either	set	up	a	 lake	water	circulation	model	that	is	 fully	coupled	to	the	ice-sheet	
model,	or	to	include	proglacial	lakes	in	existing	coupled	ice-sheet	–	climate	models.	While	
we	recognise	 the	considerable	effort	 required	 to	set	up	such	a	model,	we	believe	 the	
added	 value	 of	 being	 able	 to	 properly	 simulate	 the	 ice-sheet-shelf	 dynamics	 of	 the	
Laurentide	ice-sheet	during	the	last	deglaciation	justifies	that	effort.	
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Conclusions	and	future	outlook	
	
In	this	section,	I	will	discuss	the	findings	presented	in	the	previous	chapters,	in	the	
context	of	the	questions	posed	in	Chapter	1.5.	
	

- Can	we	improve	the	way	the	direct	interactions	between	ice	sheets	and	climate	
are	represented	in	ANICE,	while	maintaining	the	ability	to	feasibly	simulate	long	
periods	of	time?	

	
In	Chapter	3,	we	presented	an	implementation	of	the	matrix	method	to	couple	climate	
and	ice-sheet	models,	interpolating	between	two	GCM	snapshots	to	determine	the	
climate	forcing	for	ANICE.	The	difference	between	this	set-up	and	the	more	commonly	
used	glacial	index	method,	is	that	changes	in	the	modelled	ice	sheet	directly	affect	the	
prescribed	climate.	While	not	as	comprehensive	as	a	fully	coupled	model,	this	approach	
captures	the	large-scale	physical	feedback	processes	in	the	ice-climate	system,	such	as	
the	albedo-temperature	feedback	and	the	orographic	forcing	of	precipitation,	much	
more	accurately	than	a	glacial	index	method.	We	showed	that	this	new	model	set-up	
significantly	improved	model	performance	in	terms	of	simulated	ice-sheet	geometry	
and	volume,	as	well	as	surface	temperature	over	Greenland	and	Antarctica.	The	new	
model	is	about	as	fast	as	the	default	version	of	ANICE,	implying	that	a	simulation	of	a	
complete	glacial	cycle	(120,000	years)	requires	about	24	hours.	This	allows	us	to	
perform	very	long	(millions	of	years)	simulations,	and/or	large	ensembles	of	
simulations.	In	Chapter	4,	this	model	set-up	is	further	improved	upon	by	extending	the	
climate	matrix	from	2	to	11	snapshots.	We	also	re-introduced	the	inverse	forward	
modelling	method	of	model	forcing,	which	allows	the	model	to	be	forced	with	a	record	
of	benthic	d18O,	producing	self-consistent	reconstructions	of	ice-sheet	geometry,	sea-
level	and	atmospheric	CO2	as	a	result.	Thereby	we	can	perform	simulations	of	periods	
in	the	geologic	past	beyond	the	800	kyr	limit	imposed	by	the	availability	of	a	CO2	
record.	
	
In	summary,	we	developed	a	model	that	reproduces	the	evolution	of	ice	sheets,	sea	
level	and	a	gradually	changing	climate,	which	is	still	computationally	fast	enough	to	
allow	simulations	over	long	periods	of	time.	
	
	
	 	

- Can	we	use	the	resulting	model	set-up	to	study	the	evolution	of	ice	sheets	and	
climate	both	during	past	cold	periods	(e.g.	the	last	glacial	cycle)	and	warm	
periods	(i.e.	the	Pliocene)?	

	
In	Chapter	4,	the	new	model	set-up,	where	ANICE	is	forced	with	GCM	snapshots	using	
the	matrix	method,	is	used	to	simulate	the	entire	last	glacial	cycle.	The	climate	matrix	
used	for	this	experiment	contains	11	GCM	snapshots,	and	is	forced	externally	with	the	
LR04	benthic	d18O	record.	The	simulated	LGM	ice-sheet	geometry	agrees	reasonably	
well	with	observational	evidence.	Reconstructed	ice-sheet	surface	temperatures,	
atmospheric	CO2	concentrations,	and	the	contributions	to	the	benthic	d18O	signal	from	
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both	ice	volume	and	deep-water	temperature,	all	agree	well	with	observational	
evidence.	The	same	model	set-up	is	then	also	used	to	simulate	the	Late	Pliocene.	Since	
this	period	is	much	longer	ago	than	the	last	glacial	cycle,	there	is	much	less	data	
available	to	compare	with	model	results.	Different	available	proxy	reconstructions	of	
atmospheric	CO2	concentrations	differ	significantly	from	each	other,	showing	values	
that	are	both	higher	and	lower	than	our	model	results	at	almost	every	point	in	time,	
making	it	impossible	to	use	that	data	to	make	a	quantitative	judgment	of	our	modelʼs	
performance.	During	this	warm	period,	uncertainty	in	our	reconstructed	CO2	is	higher	
than	during	the	colder	periods,	due	to	the	relative	sparsity	of	the	warmer	part	of	our	
climate	matrix,	which	contains	only	one	GCM	with	a	higher-than-present	CO2	
concentration.	Late	Pliocene	sea	levels	simulated	by	our	model	agree	reasonably	well	
with	the	reconstruction	based	on	geological	backstripping	by	Miller	et	al.	(2012).	The	
reconstruction	shows	a	sea-level	drop	of	24	m	during	MIS	M2,	compared	to	20	m	in	our	
model	results.	
	
In	Chapter	5,	the	same	model	set-up	is	used	to	simulate	the	entire	period	from	3.6	Myr	
ago	to	the	present	day.	Reconstructed	sea	level	is	compared	to	a	number	of	other	
reconstructions,	based	on	both	proxy	data	and	models.	Of	the	different	data-based	
reconstructions,	the	one	based	on	Red	Sea	d18O	(Grant	et	al.,	2014)	is	believed	to	be	the	
most	accurate.	Of	the	different	model-based	reconstructions,	ours	displays	the	best	
agreement	with	the	Red	Sea	record.	Reconstructed	CO2	is	compared	to	the	EPICA	Dome	
C	ice	core	record,	as	well	as	to	a	number	of	model-based	reconstructions	similar	to	
ours.	Of	all	these	model-based	reconstructions,	ours	displays	the	best	agreement	with	
the	ice	core	record.	
	
The	new	model	set-up	has	proved	to	be	a	clear	improvement	upon	existing	models,	as	a	
tool	for	reconstructing	the	evolution	of	ice	sheets,	climate	and	sea	level	during	cold	
periods.	During	warm	periods,	the	uncertainty	in	our	model	results	is	much	larger,	
making	it	less	valuable.	We	suspect	that	this	uncertainty	can	be	reduced	by	expanding	
the	climate	matrix	to	include	more	GCM	snapshots	of	climate	with	higher	CO2	
concentrations	and/or	smaller	ice	sheets,	but	this	remains	a	subject	for	future	research.	
	
	
	

- Do	proglacial	lakes	have	a	significant	impact	on	the	interactions	between	ice	
sheets	and	the	other	components	of	the	Earth	system	

	
In	Chapter	6,	we	present	an	algorithm	that	can	be	used	to	determine	the	extent	of	
proglacial	lakes	in	an	ice-sheet	model.	The	reduction	in	computational	requirement	
with	respect	to	other	algorithms	makes	it	possible	to	perform	simulations	of	entire	
glacial	cycles.	In	Chapter	7,	we	implement	this	algorithm	in	ANICE.	We	then	proceed	to	
perform	a	large	number	of	simulations	of	the	last	glacial	cycle,	studying	the	way	
proglacial	lakes	affected	the	evolution	of	the	North	American	ice	sheet	complex.	This	
evolution	is	affected	indirectly,	through	the	lakeʼs	effect	on	regional	climate,	and	
therefore	the	ice	sheetʼs	surface	mass	balance,	as	well	directly	through	the	formation	of	
floating	ice	shelves	over	the	lake.	We	show	that	the	latter	effect	is	dominant,	and	can	
result	in	a	strong	acceleration	of	the	ice	retreat.	The	rate	of	retreat	is	shown	to	be	
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especially	sensitive	to	the	prescribed	melt	rate	underneath	the	shelves	over	the	lake,	
which	is	very	difficult	to	constrain.	By	increasing	this	melt	rate	only	moderately,	still	
remaining	within	the	range	of	values	observed	underneath	present-day	Antarctic	ice	
shelves,	we	are	able	to	increase	the	rate	of	retreat	of	the	ice	sheet	such	as	to	reproduce	
the	rate	of	sea-level	rise	observed	during	Meltwater	Pulse	1a	(MWP1a).	When	sub-shelf	
melt	over	proglacial	lakes	is	not	included,	the	resulting	rate	of	sea-level	rise	during	
MWP1a	is	much	too	low.	We	also	show	that	the	mass	of	the	lakeʼs	water	depresses	the	
lithosphere	and	deforms	the	geoid,	in	the	same	way	as	the	mass	of	the	ice	sheet	itself	
does.	Estimates	of	mantle	viscosity	are	based	on	a	combination	of	observed	uplift	rates	
and	prescribed	loading	history,	which	typically	does	not	include	the	lake	loading	term.	
Our	results	suggest	that	this	omission	introduces	a	bias,	though	the	magnitude	of	this	
bias	remains	a	subject	for	future	research.	
	
Conclusion	
	
The	research	into	proglacial	lakes	presented	in	Chapter	7	could	not	have	been	done	
without	the	work	presented	in	the	other	chapters.	Without	the	climate	matrix	
presented	in	Chapter	3,	the	simulated	ice-sheet	geometry	differs	much	more	from	
observational	evidence,	making	the	size	and	extent	of	the	simulated	proglacial	lakes	
much	less	accurate,	and	the	study	of	the	effect	of	lakes	on	ice-sheet	evolution	useless.	
The	climate	matrix	also	provides	an	ideal	framework	for	parameterising	the	lakeʼs	
effect	on	the	regional	climate.	The	combination	of	the	inherent	computational	speed	of	
an	SIA/SSA-based	ice-sheet	model	like	ANICE,	the	matrix	method,	and	the	new	flood-fill	
algorithm	presented	in	Chapter	6,	allow	us	to	perform	the	large	number	of	long	
simulations	presented	in	Chapter	7	without	requiring	excessive	amounts	of	
computation	time.	Using	this	type	of	model	to	determine	exactly	what	a	proglacial	lakeʼ
s	effect	on	the	regional	climate	would	have	been,	what	the	lakeʼs	temperature	profile	
and	the	resulting	sub-shelf	melt	rate	would	have	looked	like,	or	where	and	when	the	
lakeʼs	water	would	have	drained,	is	not	feasible.	However,	it	can	be	used	to	gain	insight	
into	which	physical	processes	are	important	for	answering	these	questions.	
	
Based	on	our	findings,	I	believe	the	next	step	would	be	to	either	create	a	water	
circulation	model	to	determine	the	temperature	profile	of	the	proglacial	lakes,	and	to	
couple	this	to	the	ice-sheet	model,	or	to	include	dynamically	filled	proglacial	lakes	in	an	
Earth	system	model.	Since	our	results	show	that	lacustrine	sub-shelf	melt	could	
potentially	contribute	as	much	to	the	deglacial	ice	retreat	as	atmospheric	processes,	an	
accurate	treatment	of	the	processes	that	determine	this	melt	rate	is	crucial,	especially	
when	the	aim	is	to	accurately	simulate	ice-sheet	evolution,	sea-level	rise	and	climate	
change	during	the	Meltwater	Pulses.
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