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A B S T R A C T

For the first time, lithospheric temperatures, strength, and effective elastic thickness (Te) distributions are es-
timated for the Arctic region north of 68°. To this aim, we use ArcCRUST, a recent model of the Arctic crust,
which includes the thickness and density of the crust and sediments, the boundaries between the continental and
oceanic crust, and the age of the oceanic lithosphere. We estimate the temperature variations in the continental
lithosphere assuming steady-state conditions, for a constant surface heat flow of 50mWm−2 and 62mWm−2 for
the onshore and offshore regions, respectively. In the oceanic domain, the temperature variations are estimated
adopting a global depth and heat flow model. We discuss the robustness of the results by comparing the new
thermal field with temperatures obtained from inversion of a regional seismic velocity model. The results are
used as input for estimating integrated strength and Te, assuming a mafic crustal rheology. Our models predict a
sharp transition between cratonic areas, characterized by high strength and Te, and tectonically active areas with
a weaker lithosphere, corresponding to the continental shelves and the oceanic spreading ridges. The significant
lateral change in our modeled strength and Te at the edges of Greenland and Canadian Arctic and along the
active mid-ocean ridge in the NE Atlantic corresponds to increased observed seismic activity.

1. Introduction

Lithospheric strength variations govern the long-term stability of
tectonic features (e.g., Burov, 2011; François et al., 2013; Cloetingh
et al., 2013; Cloetingh and Haq, 2015). The lithosphere of the Arctic
region and its main continental and oceanic features have been partly
investigated by seismic, gravity, and magnetic methods complemented
by geological observations (e.g., Breivik et al., 2002; Franke et al.,
2004; Gaina et al., 2011; Nikishin et al., 2014; Petrov et al., 2016).
Various factors contribute to the present-day strength of the litho-
sphere, including lithospheric thermo-compositional variations and the
presence of inherited structures from earlier tectonic episodes. The
scarcity of direct observations, due to critical environmental conditions
of the region, limits our knowledge on the structure and tectonic evo-
lution of the Arctic. As a result, significant questions remain open re-
garding the present-day strength distribution in the Arctic lithosphere.

These questions are addressed in this study, in which we estimate
the temperature, strength, and effective elastic thickness (Te) distribu-
tion of the Arctic lithosphere north of 68°, in order to map the first-

order thermo-mechanical structure of its key tectonic features. For this
purpose, we first use the new Arctic crustal model of Lebedeva-Ivanova
et al. (2018) to estimate lithospheric thermal structure, assuming
steady-state conditions in continental areas and using a plate model in
the oceanic realm. The new thermal model is then compared with
temperatures obtained from inversion of the seismic velocity model of
Yakovlev et al. (2012) in order to assess the robustness of the ap-
proaches and assumptions used. The crustal and thermal models of the
lithosphere are input for strength and Te estimates. Finally, we analyse
the results obtained through a comparison with the seismicity dis-
tribution.

2. Tectonic setting

The Arctic lithosphere encompasses a range of tectonic domains of
various age and composition (Fig. 1a–b). Cratonic cores of Archean and
Proterozoic age are preserved in Greenland, the Canadian Arctic Is-
lands, Siberia, and Scandinavia (e.g., Pease et al., 2014; Artemieva and
Thybo, 2013). In the Paleozoic, important tectonic deformation phases
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resulted from the convergence of the Laurentian and Baltic blocks and
adjacent microcontinents and island arcs (e.g., Domeier, 2016) which
created several orogenic belts (Caledonian – ca. 430Ma, Ellesemerian -
ca. 360Ma, Uralian-Permo-Carboniferous - ca. 300Ma). Part of the
vast, shallow, extended shelves, like the Barents, Kara basins and part of
the East Siberian shelf (Fig. 1b), were subjected to subsidence since the
Paleozoic, which resulted in the formation of thick sedimentary suc-
cessions (Johansen et al., 1993; Faleide et al., 2015).

Location of continental rift initiation is often controlled by pre-ex-
isting suture zones representing major rheological heterogeneities in
the lithosphere (e.g., Smit et al., 2016 and Smit et al., 2018). Subduc-
tion along the Alaska (North Slope block) and Chukotka-East Siberian
Shelf southern margins initiated rifting and extension in the northern
margin of North America and the formation of various basins and iso-
lated blocks in the Amerasia Basin since the Jurassic (e.g., Shephard
et al., 2013).

The Amerasia Basin (Fig. 1a-b) includes the Canada, Makarov, and
Podvodnikov basins, the Chukchi Continental Borderland and the Lo-
monosov, Alpha and Mendeleev ridges. The Canada Basin, which con-
stitutes about a third part of the Amerasia Basin, shows a pseudo-linear
magnetic anomaly pattern, which complicates the identification of its
nature (e.g., Gaina et al., 2014). According to a recent study, the Ca-
nada Basin is composed of extended continental and transitional crust,
as well as oceanic crust along a buried extinct mid-ocean ridge (Chian
et al., 2016). Continent-ocean boundaries in the Canada Basin dis-
played in Fig. 1a mostly follow this interpretation. New geophysical
data indicate that parts of the Podvodnikov Basin is floored by extended
continental crust, at least along the seismic profiles published by Jokat
and Ickrath (2015) and Nikishin et al. (2014). The Podvodnikov Basin
was interpreted by Alvey et al. (2008) as a Late Cretaceous basin. It has
a ca 20 km thick crust, which is derived from gravity inversion and
confirmed by refraction data.

Gaina et al. (2014) suggested that the region that flanks the Lo-
monosov Ridge on the Amerasian Basin side may have accommodated
Late Cretaceous-Paleocene extension between the North American and

Eurasian plates that preceded the opening of Eurasian Basin. The deep
Makarov Basin (~ 4 km) is probably underlain by oceanic crust flanked
by stretched continental or transitional crust (Evangelatos and Mosher,
2016; Døssing and Gaina, 2017).

The Chukchi Borderland is a continental fragment (Dietz and
Shumway, 1961) that probably rifted from the Canadian Arctic shelf in
Jurassic time (Grantz et al., 2011). The origin of the Alpha and Men-
deleev Ridges (AMR) is still under debate, since the volcanic overprint
perturbs the original tectonic signature and both oceanic and con-
tinental crustal natures have been proposed (see for a review Gaina
et al., 2014). The Lomonosov Ridge is a continental fragment rifted
from the Barents Sea during the Paleocene (e.g., Srivastava, 1985).
Extensional phases during Cretaceous and Cenozoic times resulted in
the formation of the North Atlantic ocean spreading system (including
Baffin Bay), part of the Amerasia basins (the Makarov Basin and pos-
sibly part of the Podvodnikov Basin, e.g.,Døssing and Gaina, 2017), and
Eurasia Basin, respectively (e.g., Gaina et al., 2014, Nikishin et al.,
2018).

The youngest tectonic feature in the Arctic is the active plate
boundary between the North American and Eurasian plates resulting
from seafloor spreading along the Mohn's, Knipovich, and Gakkel mid-
ocean ridges (Fig. 1a-116a). Presently, the Knipovich and Gakkel ridges
have an ultra-slow spreading regime (spreading rates< 20mm yr−1,
e.g., Dick et al., 2003). Rifting and oceanic crust formation between the
North American and Eurasian plates in the Eurasia Basin led to the
formation of a large rift system in the Laptev Sea (e.g., Franke et al.,
2001). The Baffin Bay (Fig. 1b), with his mid-ocean ridge system, may
have been linked with the High Arctic basins from the Paleocene (e.g.,
Brozena et al., 2003; Døssing et al., 2013), but is now inactive and
covered by a thick sedimentary cover.

Large-scale volcanism affected the Arctic region in several episodes.
The Siberian Traps were formed on the Siberia craton and also affected
parts of Svalbard and East Siberian Islands at the Permian-Triassic
boundary (ca. 251Ma, e.g., Ivanov et al., 2013). One or several volcanic
episodes in the Cretaceous affected the High Arctic, most notably the

Fig. 1. (a) Topography and bathymetry map of the Circum-Arctic (after Jakobsson et al., 2012) in an orthographic projection including a model for the ocean-
continent boundary (dashed black line). Although wide transitional regions between continental and oceanic lithosphere have been identified in several places of the
Arctic, for simplicity reasons, we have depicted continent-ocean boundaries as dashed black lines and not wider transitional zones. (b) Arctic main tectonic provinces
and simplified onshore geology. Tectonic blocks mark crustal independent blocks that moved relative to each other in geological time. Grey thin lines in the oceanic
domains are isochrones inferred from geophysical data.
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Alpha and Mendeleev ridges in the Amerasia Basin, but also the Elles-
mere Island, the East Siberian Islands, the Franz Josef, and Svalbard
archipelagos (Fig. 1a-b) (Maher Jr., 2001; Corfu and Heim, 2013). In
the Paleocene, at ca. 61 and 55Ma, the North Atlantic Igneous province
was formed along the NE Atlantic margins (e.g., Storey et al., 2007),
and since the Oligocene, volcanic activity affected the NW margin of
Svalbard, probably due to the proximity of the mid-ocean ridge (Fig. 1a-
b).

3. Data and methods

Below, we describe the approaches and parameters used to obtain
self-consistent crustal (sub-Section 3.1), lithospheric thermal (sub-
Sections 3.2.1, 3.2.2, and 3.2.3), and strength/Te (sub-Section 3.3)
models.

3.1. Crustal structure

Global crustal models, such as CRUST 1.0 (Laske et al., 2013) and
CRUST 2.0 (Bassin et al., 2000) have been constructed using gravity,
seismic, and geological data. They provide first order variations of the
crustal parameters, such as thickness, average velocity and density of
the main layers. However, due to their coarse resolution (1°× 1° and
2°× 2°, respectively), these models do not fully represent the small
scale features. For this study, we used the High Arctic crustal model of
Lebedeva-Ivanova et al. (2018) – ArcCRUST -, as it is based on state-of-
the-art geophysical data and sediment thickness compilations. This
model includes the thickness and density of the crystalline crust and
sediments, the boundaries between the continental and oceanic crust,
and the age of the oceanic lithosphere, with a resolution of 0.1° x 0.1°
(Fig. 2a-d and 3a).

Lebedeva-Ivanova et al. (2018) computed a model for the Moho
depth and crystalline crustal thickness of the High Arctic by 3-D gravity
forward and inverse modeling in the spectral domain following
Minakov et al. (2012) approach and applying a lithosphere thermal
gravity anomaly correction as in Alvey et al. (2008). As input for this
modeling, the circum-Arctic bathymetric grid (Jakobsson et al., 2012),
the gravity anomaly grids (Gaina et al., 2011) and the dynamic topo-
graphy model of Spasojevic and Gurnis (2012) have been used. An
updated sedimentary thickness grid (Fig. 2a) and age distribution of the
oceanic lithosphere and a model of the crystalline crust that has vari-
able density are also part of the ArcCRUST model (Fig. 2a-d) and have
been used as input data for deriving the crustal thickness. To compute
the density of sediments, a relationship between density, depth, and
porosity (ϕ) (Athy, 1930) has been taken into account, as shown by eqs.
(1) and (2):

= − ∅ + ∅ρ z ρ z ρ z( ) (1 ( )) ( )s sk w (1)

∅ = ∅ −z e( ) Cz
0 (2)

where ϕ0 is the surface porosity (0.5), C, the compaction coefficient
(0.4× 10−3), ρsk, the density of the sedimentary matrix (2650 kg/m3),
and ρw, the density of the water (1030 kg/m3).

In the oceanic realm, the thickness of the crystalline crust in the
Eurasia Basin and Greenland Sea ranges between 0.5 and 10 km and
thins towards the mid-oceanic ridges (Fig. 2b). It becomes thicker under
the Podvodnikov Basin (18–20 km), which is probably partially floored
by extended continental crust, the northern Canada Basin (up to ~
15 km) and the AMR (up to ~ 26 km), due to addition of volcanic
material.

The thickness of the continental crystalline crust (Cr) varies, de-
pending of the tectonic setting. Cr is usually 30–50 km beneath the
continents (e.g., Greenland), and thinner, ca. 20–45 km, beneath the
continental shelves. The thinnest Cr (ca. 15 km) is associated with se-
dimentary basins in the eastern Barents Sea, the northern part of the
Chukchi Sea and the Mackenzie Delta. A similar crustal thickness is

observed under the microcontinents in the North Atlantic and a bit
thicker (20–35 km) beneath microcontinents in the Arctic Ocean. The
southernmost part of the Canada Basin has a crustal thickness of only
4 km in the ArcCRUST model, but is characterized by seismic P-wave
velocities of 5.5 to 6.6 km/s and is therefore interpreted as continental
crust by Chian et al. (2016).

In this study, Cr is divided into an upper (UC) and lower (LC) crust of
equal thickness. This assumption is roughly consistent with observa-
tions from seismic refraction profiles, indicating a proportion between
the upper and lower crust in the range of 40–60% (e.g., Pease et al.,
2014). The density of the crystalline crust (ρc), ranging between 2775
and 2885 kg/m3 (Fig. 2d) is used to derive the density of the lower
crustal layer (ρlc), assuming that the density of the upper crust (ρuc) is
2750 kg/m3, as described in eqs. (3) and (4). This value corresponds to
the average density of a mix of granitic, dioritic, and felsic granulite
rocks, which are the main components of the upper crust (Christensen
and Mooney, 1995). On the other hand, the lower crust has a larger
density variability, due to the possible presence of high density mag-
matic bodies at its bottom.

The only exception is given by the southern Canada Basin, where we
assumed a ρuc equal to 2850 kg/m3, on account of the anomalous high
ρc (Fig. 2d), which may indicate the presence of volcanic products and
mantle underplating accreted during extension (e.g., Gaina et al.,
2014). The resulting ρlc ranges between 2800 and 2970 kg/m3, clearly
showing a mafic composition.
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These densities are consistent with estimates of Petrov et al. (2016).
By analysing seismic, gravity and seismic data, these authors have in-
terpreted that the crustal structure of the Arctic, along the 7600 km
long Transpolar Geotransect (crossing the Barents Sea, Franz Joseph
Land, Eurasua Basin, Lomonosov Ridge, Podvodnikov Basin, Mendeleev
Ridge, Chukchi Sea, and East Siberia) is composed of granulite-gneiss
and mafic granulite in its upper and lower crust, respectively.

3.2. Thermal model

The temperature variations throughout the lithosphere are a
dominant parameter controlling lithospheric strength (e.g., Burov,
2011). Only in global models, which have used crustal, petrological,
and geophysical data as constraints (Artemieva, 2006; Koptev and
Ershov, 2011), temperature variations of the Arctic lithosphere have
been estimated, assuming steady-state conditions. Below we describe
the approaches followed to estimate the continental and oceanic
thermal field.

3.2.1. Steady-state approach
Continental crust may have undergone various thermal events

throughout its history and a major part of the surface heat flow (HF) is
controlled by the high variance of the radiogenic heat generation (HG)
within the continental crust (Burov, 2011). The HG, caused by the
decay of the elements uranium, thorium and potassium, is responsible
for 20–40% of the heat loss through the continental domains
(Artemieva and Mooney, 2001; Hasterok and Chapman, 2011; Pollack
and Chapman, 1977). Assuming steady-state conditions and neglecting
the transient effects of erosion, deposition of sediments, and processes
of advection, the temperatures and heat flow vary with depth, ac-
cording to eq. (5) and (6).

= + ∆ − ∆+T T
q
k

z HG
k

z
2i i

i i
1

2
(5)

= − ∆+q q HG zi i i1 (6)
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Following the approach of Chapman (1986), the temperature (Ti+1)
and heat flow (qi+1) at the bottom of each layer are estimated based on
the Ti and qi at the top of each layer with a Δz of 0.5 km, where the
surface temperature is 0 °C. The HGi and ki are the radiogenic heat
generation and the thermal conductivity for each layer i, respectively.
The surface HF (q0) data are unevenly distributed in the study area and,
in particular, the ice covered areas of Greenland and Canadian Arctic
are almost unsampled. In order to identify the surface heat flow values
which may represent the thermal conditions of the Arctic lithosphere,

we analysed the Global Heat Flow Database of the International Heat
Flow Commission (IHFC) (http://www.heatfow.und.edu/) and the
global model of surface heat flow of Davies (2013), displayed in Fig. 3b.
The first dataset provides surface HF data mainly located in the
Greenland Sea, Barents Sea, and the shelves of the Canadian Arctic. The
global model of Davies (2013), which has a uniform resolution of
2°× 2°, presents heat flow estimates based on the correlation between
38,374 existing measurements and different geologic domains, defined
by global digital geology maps. The distribution of the surface HF

Fig. 2. Lithospheric model of Lebedeva-Ivanova et al. (2018). (a) Sedimentary thickness; (b) thickness of the crystalline crust (c) Moho depth; (d) crustal density.
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values in both datasets shows that the offshore and onshore continental
domain are characterized by respectively elevated (> 55mWm−2) and
reduced (< 55mWm−2) estimates (Fig. 3b). In particular, Davies
(2013) estimated for most of the continental offshore areas a value of
62mWm−2, while in the onshore regions the surface heat flow mainly
ranges between 25mWm−2 and 60mWm−2. For this reason, we di-
vided the continental part of the study area in onshore and offshore
domains, assigning to them a surface HF of 50mWm−2 and
62mWm−2, respectively. This assumption is in overall agreement with
the most recent estimates of surface HF, indicating in the East Siberian
continental slope and southern Lomonosov Ridge an average value of
57 mWm−2 (O'Regan et al., 2016). It should be noted that Greenland,
which lacks measurements of surface HF data, is the largest continental
area of the Arctic, where our heat flow boundary condition cannot be
validated. The global map of Davies (2013) predicts in this region an
anomalous high surface HF (95mWm−2), while according to the recent
model of Rogozhina et al. (2016), the heat flux at a depth of 5 km from
the surface topography is only anomalously high (75–106mWm−2) in
the central-eastern part of Greenland. However, we prefer to assign the
same value used for the other onshore areas (50mWm−2), since it is
more consistent with values characterizing tectonic features of Ar-
chean-Proterozoic age (e.g., Jaupart and Mareschal, 1999). The values
of HG and k of the crust and mantle lithosphere are displayed in

Table 1. Below we describe the assumptions and approaches used to
derive them.

We estimated the HG in the upper crust (HGuc) using the partition
model of Hasterok and Chapman (2011). In this model HGuc is ex-
pressed by:

=HG
xq
Duc

s

uc (7)

According to this model, a fraction (x) of the surface HF (qs) results
from the upper crustal radiogenic heat sources, where Duc is the
thickness of the upper crust. The remaining fraction (1-x) comes from
other sources, where the sediments, lower crust, lithospheric and sub-
lithospheric mantle contributes to the residual HF.

The fraction x has been assumed in previous studies to be equal to
0.4 (Chapman, 1986), 0.26 (Hasterok and Chapman, 2011), and
0.33–0.29 (Artemieva and Mooney, 2001), according to different values
and models of thermal conductivity and heat production distributions.
In this study, we adopted the value of 0.26, which has been estimated
by Hasterok and Chapman (2011) on the base of petrologic data and
thermal conductivity results obtained from several recent laboratory
studies. The resulting geotherms (Fig. 4a), estimated using the partition
model of Hasterok and Chapman (2011) and Artemieva and Mooney
(2001), are very similar. In contrast, the temperatures, estimated

Fig. 3. (a) Age of the oceanic lithosphere. (b) Map of modeled surface HF from Davies (2013). The colored dots indicate the HF measurements available from the
IHFC database (http://www.heatfow.und.edu/). The thick black line illustrates the division between continental mainland, with estimated surface HF of 50 mWm−2

and continental shelf, with estimated surface HF of 62 mWm−2. (For interpretation of the references to colour in this figure legend, the reader is referred to the web
version of this article.)

Table 1
Thermal parameters for the continental lithosphere. See text for further explanation.

Parameter Symbol Units Sediments Upper crust Lower crust Upper mantle

Composition Granite Mafic granulite Olivine

Heat Generation H μWm−3 1.18 0.5–4.5 0.5 0.02
Thermal Conductivity k mWm−2 1.2–2.5 3.0 2.6 variable
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adopting the model of Chapman (1986), are significantly lower in the
mantle lithosphere (~200 °C at a depth of 100 km).

The HG of the sediments, which can span a large range (0.32 to
1.80 μWm−3, Vilà et al., 2010) is assumed to be equal to 1.18 μWm−3,
which is an average value for detritic sediments (Vilà et al., 2010) and
for the sediments deposited in the Kara and Barents Sea (Klitzke et al.,
2016). According to Eq. (7), an increase of the thickness of the upper
crust results in a decrease of its HG and vice versa. Therefore, HGuc

reaches a minimum value of 0.5 μWm−3 for a qs of 50 mWm−2 and a
maximum Duc (25.5 km). On the other hand, for very thin Duc (< 3.7
and 2.8 km, for a qs of 50mWm−2 and 62mWm−2, respectively), oc-
curring in some parts of the Canada basin, HGuc increases over
4.5 μWm−3. Since HGuc rarely reaches values of 4.8 μWm−3 (Hasterok
and Chapman, 2011), we limited its value to 4.5 μWm−3. We made this
choice also considering that the steady state approach is likely not
applicable in this part of the Canada basin, being characterized by a
very thinned crust.

We assigned to the lower crust a HG equal to 0.5 μWm−3, which is a
representative value for lithologies, such as mafic granulite
(0.15–0.5 μWm−3) and diorite (0.47–1.21 μWm−3), which usually
compose this layer (Rybach and Buntebarth, 1982; Vilà et al., 2010).
The mantle lithosphere has a HG much lower than the crust, and thus a
value of 0.02 μWm−3 is adopted (Hasterok and Chapman, 2011).

The thermal conductivity (k) varies over a wide range for different
rocks types, even for the same rock, depending on variations in com-
position, anisotropy, and degree of compaction (e.g., Hantschel and
Kauerauf, 2009). For k of the sediments (ks), compaction was accounted
for by using the geometric mean model, described by:

= −∅ ∅k k ks b w
z1 z (8)

where we assumed that the bulk thermal conductivity, kb, is equal to an
average value for the sediments deposited in the Kara and Barents Sea
(2.46 Wm−1 K−1, Klitzke et al., 2016) and the conductivity of water,
kw, is equal to 0.6 Wm−1 K−1. The variation of porosity with depth (ϕz)
is estimated from eq. (2). The resulting ks from the surface up to a depth
of 18 km ranges within 1.2 - 2.5 Wm−1 K−1. Rocks that more likely
compose the upper crust, such as quartzite and granite, have a k varying
within 1.2 - 4.5 Wm−1 K−1 and 3–7.9 Wm−1 K−1, respectively. In
contrast, k of rocks that usually are the main components of the lower
crust, such as diorite and mafic granulite, is significantly lower, ranging
within 1.8 - 4.1 Wm−1 K−1 and 2.5–3 Wm−1 K−1, respectively (Zoth
and Haenel, 1988; Seipold, 1992). Based on these wide ranges of esti-
mates, we used an average value of k for the upper and lower crust,

equal to 3 Wm−1 K−1 and 2.6 Wm−1 K−1, respectively. We estimated k
of the lithospheric mantle, as temperature dependent, taking into ac-
count both the lattice (Xu et al., 2004) and radiative (Hoffmeister,
1999) component (Fig. 4b). The sum of the two components results in a
decrease of k from 3.0Wm−1 K−1 to 2.3 Wm−1 K−1 in the temperature
range of 400–1350 °C (Fig. 4b).

3.2.2. Plate model
We adopt the plate model commonly used to describe oceanic li-

thospheric cooling (McKenzie, 1967). According to this model, the
temperature field is in equilibrium and the ridge parallel horizontal
heat conduction is negligible and thus not considered. We used the
GDH1 (Global Depth Heat) plate model of Stein and Stein (1992), since
this model gives the best-fit with global heat flow data and with the
bathymetry of old oceanic lithosphere (> 70Ma), compared to the
previous plate cooling model of Parsons and Sclater (1977). The
thermal boundary conditions used in the GDH1 plate model are the
following: (a) a fixed basal temperature at the bottom of the plate
(T= Tm at z= L); (b) a constant temperature at the initial state of the
plate (T= Tm at t=0, where t is the age of the lithosphere); (c) a
constant temperature of 0 °C at the surface of the ocean (T=0 °C at
z=0). Therefore, temperatures are estimated according to Eq. (9), with
a step along the vertical direction z of 0.5 km:

∑ ⎜ ⎟= ⎡

⎣
⎢ + − ⎛

⎝
− ⎞

⎠
⎛
⎝

⎞
⎠

⎤

⎦
⎥

=

∞
+T z T z

L nπ
exp n π κ

L
t sin nπz

L
( ) 2 ( 1)m

n

n

1

1
2 2

2
(9)

where L (95 km) is the asymptotic thermal plate thickness and κ is the
thermal diffusivity (0.804× 10−6 m2 s−1), which controls the flow of
heat by conduction and depends on Cp, the heat capacity at constant
pressure, and ρ, the density.

In the calculation, the age of the oceanic lithosphere is taken from
the study of Lebedeva-Ivanova et al. (2018). As the thickest (> 3 km)
part of the sediment cover is situated on top of relatively old (> 50Ma),
thus strong oceanic lithosphere, the sediments are considered as part of
the oceanic plate, as they will hardly affect the plate's thermo-me-
chanical characteristics. Transient thermal effects induced by mantle
uprising along the spreading ridge will affect the oceanic plate only
locally.

To prevent a sharp thermal transition between the oceanic and
continental domain and the onshore and offshore continental regions,
characterized by two different surface HF values, we incorporated a
100 km wide transition zone in which temperatures were interpolated
by kriging.

Fig. 4. (a) Steady-state geotherms for different surface heat flows (40, 60, 80 and 100 mWm−2), computed for a Moho depth of 39 km, based on the study of
Chapman (1986) (in blue), Artemieva and Mooney (2001) (in yellow), and Hasterok and Chapman (2011) (in red). (b) Temperature dependence of the conductivity
of the lithospheric mantle. The dotted and continuous blue lines show the lattice (Xu et al., 2004) and radiative (Hoffmeister, 1999) component of the conductivity,
respectively. The sum of the two effects is represented by the solid black line.
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3.2.3. Thermal model from inversion of seismic tomography
In order to compare the results of the new thermal model with

temperatures obtained from independent data, we inverted seismic
velocities of the upper mantle of the Circum-Arctic into temperatures.
For this purpose, we chose the regional tomography model of Yakovlev
et al. (2012), with seismic anomalies showing a clear correlation with
the main lithosphere structures in the Circum-Arctic region. Other re-
gional models cover only a part of the study area (e.g., Rickers et al.,
2013), while the global models do not have a comparable resolution
(e.g., Ritsema et al., 2011; Schaeffer and Lebedev, 2013).

The seismic tomography model of Yakovlev et al. (2012) is based on
travel times of body P-waves from the worldwide catalog of the Inter-
national Seismological Center (ISC) for the time period from 1964 to
2007. The travel times have been corrected for the Earth ellipticity,
elevations of stations, and the crustal thickness based on the global
CRUST2.0 model (Bassin et al., 2000). The tomographic inversion was
performed based on an approach developed by Koulakov et al. (2002),
using as a velocity reference the 1D spherical model AK135 (Kennett
et al., 1995).

The inversion of seismic velocity into temperatures (see for details,
Appendix 1 in Kaban et al., 2014) is computed by (1) estimation of the
synthetic anharmonic velocities of the main mantle phases (olivine,
OPX, CPX, and garnet) at elevated pressures and temperatures, using
the mineral physics approach of Stixrude and Lithgow-Bertelloni
(2005); (2) correction of the anharmonic velocities for anelasticity ef-
fect; (3) comparison of the resulting synthetic velocities with those of
the seismic tomography model. In the inversion, we assumed a uniform
“fertile” composition, which is defined in this study as an average of the
mineral fractions constituting the ”Primitive mantle” rock (McDonough
and Sun, 1995) and the ”Tecton garnet peridotite” rock (Griffin et al.,
2003). We used the attenuation model Q4 of Cammarano et al. (2003),
which is more representative of the generally “hydrated” conditions of
a “fertile” upper mantle (Tesauro et al., 2014). Since the upper mantle
of the cratonic areas is usually in ‘dry’ conditions, the temperatures in
this regions may be underestimated by ~100 °C (Cammarano et al.,
2003), at temperatures> 900 °C, when the anelasticity is activated
(Jackson et al., 2002).

As discussed in previous studies (e.g., Tesauro et al., 2012), the
inversion of seismic velocities into temperatures is also affected by
uncertainties (± 100–150 °C), which are mainly inherited from the
seismic tomography models. These usually do not provide direct esti-
mations of the velocity uncertainties, which depend on numerous fac-
tors, including the applied crustal correction, reference seismic model
used, and inhomogeneous ray coverage (see for a review Foulger et al.,
2013). Other uncertainties related to the inversion depend on the
compositional and anelasticity model used. The assumption of a “fer-
tile” upper mantle may not be suitable for the cratonic areas (e.g.,
Greenland), as it may be affected by depletion of heavy constituents
(e.g., garnet). However, these uncertainties are likely small (< 100 °C),
considering that P-waves are much less sensitive to compositional
variations than S-waves (e.g., Goes et al., 2000).

3.3. Lithospheric strength and effective elastic thickness (Te)

The bulk strength of the lithosphere, which predicts the maximum
differential stress required for rocks failure (Ranalli, 1994), is com-
monly described by the yield strength envelope (YSE, Goetze and
Evans, 1979). The YSE (Fig. 5) allows quantitative assessment of li-
thospheric strength based on experimentally determined constitutive
equations, describing brittle and ductile behavior of rocks (e.g., Brace
and Kohlstedt, 1980). The integrated strength has been estimated on a
global and regional scale in previous studies, by integrating the YSE
with respect to depth (Tesauro et al., 2009, 2013, and 2015). The first-
order results of these previous studies are in overall agreement with
inferences obtained from inverse approaches based on coherence ana-
lysis (Tesauro et al., 2012). The brittle strength is described by Byerlee's

law (Byerlee, 1978):

= −σ αρgz λ(1 ) (10)

where α is the friction coefficient, ρ the density, g the gravity constant, λ
the pore fluid factor and z the depth of the bottom of the layer
(Table 2). For extensional regimes like the Arctic, the friction coeffi-
cient is equivalent to 0.75 (e.g., Afonso and Ranalli, 2004).

In ductile conditions crustal rocks deform according to power-law
dislocation creep at high stresses and moderate temperature
(< 1300 °C):
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where ε ̇ is the strain rate, Ap the power-law strain rate, n the power-law
exponent, Ep the power-law activation energy, R the Gas constant and T
the temperature (Table 2).

In the uppermost mantle at high stress and relatively low tem-
peratures (< 1000 °C), the ductile deformation occurs more likely ac-
cording to the creep mechanism, known as ‘low-temperature plasticity’
or ‘Dorn law’ (e.g., Ranalli and Adam, 2013). We used the results of the
most recent laboratory experiments deriving the exponential flow law
applicable to the uppermost mantle (Demouchy et al., 2013):
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where σD is the Dorn law stress, ED the Dorn law activation energy and
AD the Dorn law strain rate (Table 2). This new semi-empirical ex-
ponential flow law, based on experiments on single olivine crystals in
the range of temperature of (800–1090 °C) and at a confining pressure
of 300MPa, has demonstrated that the strength of lithospheric mantle

Fig. 5. Example of Yield Strength Envelope (YSE) for continental lithosphere,
estimated for compressional (red) and extensional (blue) conditions. (For in-
terpretation of the references to colour in this figure legend, the reader is re-
ferred to the web version of this article.)

Table 2
Thermal parameters for the oceanic lithosphere. See text for further explana-
tion.

Parameter Symbol Units GDH1

Surface temperature T0
0C 0

Basal temperature Tm 0C 1350
Asymptotic plate thickness L km 95
Thermal diffusivity κ m2 s−1 0.804× 10−6
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has been significantly overestimated using previous flow laws (e.g.,
Evans and Goetze, 1979; Mei et al., 2010). On account of the mafic
composition of the Arctic crust, we assigned a “dry granite” and “mafic
granulite” rheology to the upper and lower crustal layer, respectively. A
“dry” olivine rheology is assumed for the mantle lithosphere for both
continental and oceanic domains, since the creep parameters are not
defined for a “wet” rheology. The last one is likely more representative
of the conditions of continental mantle lithosphere recently involved in
subduction of oceanic lithosphere and post-Paleozoic tectonothermal
events, such as characteristic for the old oceanic South Anyui Basin.
Therefore, in this area the estimated strength is an upper bound of the
possible values depending on the degree of hydration of the upper
mantle. We used a uniform value of strain rate equal to 1×10−15 s−1,
which is commonly observed in tectonically relatively stable areas (e.g.,
Kreemer et al., 2014). However, we should take into account that the
strain rate may vary of about two orders of magnitude in areas char-
acterized by fast or slow deformation (e.g., Kreemer et al., 2014). The
effect on strength of variations of one order in the strain rate is dis-
cussed in Tesauro et al. (2015). The integrated strength is calculated for
both compressional and extensional stress, but only results obtained for
extensional conditions are discussed in Section 3.2.1. Indeed, as before
discussed, most of the Arctic regions are rifted continental margins and
thus have primarily experienced extensional tectonics. For compres-
sional conditions the coupling/decoupling conditions and the effective
elastic thickness remain unchanged (Fig. S1). The rheological para-
meters and strength equations for both the crust and upper mantle are
displayed in Table 3.

From the computed YSE it is possible to define the thickness of the
mechanically strong part of the lithospheric layers that extends from
the top of the layer to the depth associated to a specific geotherm (e.g.,
350 °C for quartzite), at which the yield stress is less than some pre-
defined value (e.g., 10MPa used in Ranalli, 1994). The lithospheric
layers are considered decoupled when the strength decreases below this
threshold; otherwise the layers are considered coupled. Te is calculated
as the sum of the mechanically strong layer thicknesses (Δhi), de-
pending on the coupled and decoupled behaviour of the layers (Burov
and Diament, 1995), as described by eqs. (13) and (14).
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4. Results and discussion

4.1. Thermal model

The thermal model obtained in this study (named
ThermoSteadyState model) is displayed in terms of temperature dis-
tributions at a depth of 40 km and 100 km (Fig. 6a-b) and along three
cross-sections: A-A′, crossing Greenland, the Lomonosov Ridge, and the
New Siberian islands; B-B′ crossing the Barents Sea, the Eurasia Basin,
and the Amerasia Basin; and C-C′ crossing the Kara Sea, the Eurasia
Basin, and the Ellesmere islands (Fig. 7). Furthermore, the heat flow at
the Moho depth and at the bottom of the lithosphere, estimated as the
depth of the isotherm 1350 °C, are shown in Figs. 8(a-b).

At the depth of 40 km the continental lithosphere has the lowest
temperatures (~450 °C) in the Sverdrup and Yenisey Khatanga Basin,
where the surface HF is assumed 50mWm−2 and the depth of the Moho
is reached at relatively shallow depth for the continental mainland
(30–35 km). In contrast, the highest temperatures (~ 700 °C) are ob-
served in the east continental shelves (Chukchi Borderland, East
Siberian Sea, New Siberian islands, and North Kara Basin), where the
surface HF is assumed to be 62mWm−2, and the depth of the Moho is
reached at relatively larger depths for the continental shelf (> 40 km).
A similar thermal variation is also observed at a depth of 100 km, where
the temperatures in the eastern continental shelves already reach
1350 °C, while the Sverdrup and Yenisey Khatanga basin shows tem-
peratures of ~ 850 °C. Indeed, different conditions in terms of crustal
structure and surface heat flow between these continental regions result
in a low (< 20mWm−2) and high (62mWm−2) Moho HF (Fig. 8a),
which consequently lowers and increases the temperatures in their
mantle lithosphere, respectively. The Sverdrup Basin and Yenisey
Khatanga Basin are also characterized by a relatively thick lithosphere
(150–180 km) with respect to the eastern continental shelves

Table 3
Rheological parameters. Numbers indicate the following: [1] Carter and Tsenn (1987); [2] Wilks and Carter (1990); [3] Demouchy et al. (2013). See text for further
explanation.

Parameter Symbol Units Sediments Upper crust Lower crust Oceanic crust Upper mantle

Composition Granite (dry) [1] Mafic granulite [2] Diabase [1] (dry) Olivine [3]

Brittle strength
Brittle Law σb= f ρgz(1-λ)
Friction coefficient α 0.75 0.75 0.75 0.75 0.75
Density ρ σ kgm−3 1825–2650 2750–2850 2760–3020 2776–2885 3330
Thickness D km 0–18 2–25.5 1–15 0–33
Gravity constant g m s−2 9.81 9.81 9.81 9.81 9.81
Pore fluid factor λ – 0.36 0.36 0.36 0.36 0.36

Ductile strength
Power law
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Strain rate ε ̇ ̇ s−1 10−15 10−15 10−15 10−15 10−15

Power law strain rate Ap Pa-ns−1 3.16× 10−26 8.83× 10−22 6.31× 10−20 7.0× 10−14

Power law exponent n – 3.3 4.2 3.05 3
Power law activation energy Ep kJmol−1 186.5 445 276 510
Gas constant R J K−1 mol−1 8.31 8.31 8.31 8.31 8.31
Dorn law stress σD Pa 15×109

Dorn law activation energy ED kJmol−1 450
Dorn law strain rate AD s−1 1.0× 106
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(85–115 km) (Fig. 8b). The depth of the lithosphere, as estimated in the
study of Klitzke et al. (2015) based on surface wave tomography models
of Levshin et al. (2007) and Shapiro and Ritzwoller (2002), deepens
from 120 km in the Barents Sea to 160 km in the Kara Sea. This dee-
pening is not observed in our model, since the Barents Sea is underlain
by a thinner crust and thick sediment cover, which lowers the tem-
perature in the mantle and increases the thickness of the LAB with re-
spect to the Kara Sea, characterized by a thicker crust and low sediment
cover (Fig. 1a and 1b).

The temperatures at a depth of 100 km, estimated from inversion of

seismic tomography data (named ThermoSeismic model), are in general
up to 200 °C lower than those of the ThermoSteadyState model
(Fig. 6c). Such a difference is within the range of uncertainties affecting
the assumptions used in both the seismic inversion and steady-state
approach. At the same time, we can observe that the temperature
variation observed between the relatively cold Sverdrup and Yenisey
Khatanga Basin and warm east continental shelves is also identified in
the ThermoSeismic model, indicating that these results are comparable.
Most of the Arctic shelf area was affected by rifting during the Mid-Late
Cretaceous and Paleocene, a period that preceded seafloor spreading in

Fig. 6. Final temperature models estimated using steady-state conditions and plate model in the continental and oceanic area, respectively, at a depth of (a) 40 km
and (b) 100 km (ThermoSteadyState model) and (c) obtained from the inversion of the regional seismic tomography model of Yakovlev et al. (2012) at a depth of
100 km depth (ThermoSeismic model). Thick black dashed lines in Fig. 6a indicate the location of the three cross-sections displayed in Figs. 7 and 10.
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the Amerasia and Eurasia basins and Northernmost North Atlantic, re-
spectively. In particular, the NW Svalbard, East Siberian Shelf, and
Chuchki region experienced crustal thinning and vertical motions
(e.g., Dörr et al., 2012) which may explain the higher temperatures
shown by our models.

In the onshore continental lithosphere, temperatures are low
(< 600 °C at a depth of 40 km) in areas which have been stable over
geological time, such as Greenland, the Canadian Arctic, Siberian and
Baltic cratons (Fig. 1). In these regions, the steady-state approach is
more suitable than in tectonically active areas, as suggested by the
overall consistency with the results of the ThermoSeismic model. No-
tably, in Greenland the temperatures at 40 km depth increase from the
margins to the center, according to the increase of crustal thickness
(Lebedeva-Ivanova et al., 2018). In contrast, at a depth of 100 km the
temperatures are slightly lower in western central Greenland than in
other parts of this region (Fig. 6a and b), since the sedimentary cover of
4–5 km (Fig. 1a) lowers the Moho HF (Fig. 8a). Unfortunately, there are
no xenolith data in the inner part of Greenland, which can further
constrain these results. On the other hand, the ThermoSeismic model
shows that high thermal anomaly regions at a depth of 100 km are
crossing Greenland from E to NW, coinciding with location of higher
melt rates of ice (e.g., Fahnestock et al., 2001). This feature is not ob-
served in the ThermoSteadyState model, since we assumed in this re-
gion a uniform surface heat flow value (50 mWm−2). We estimated a
thickness of the lithosphere in Greenland between 120 and 125 km,
which is less than the values estimated in the cratonic areas (e.g., Yuan

and Romanowicz, 2010) and by the seismic tomography model of
Yakovlev et al. (2012). At the same time, the S-velocity model of
Rickers et al. (2013) predicts a large lithospheric thickness
(160–200 km) only in northern and southwestern Greenland and a
significant reduction (< 100 km) towards the eastern part. Kumar et al.
(2005), using the S-receiver functions technique, estimated a thinning
of the lithosphere from 120 km along the western margin to 70–80 km
in the center and along the eastern margin of Greenland, probably re-
lated to the traceable track of the Iceland plume. More recently,
Rogozhina et al. (2016) hypothesized that thin lithosphere is present in
the central and eastern Greenland. Few xenolith data collected along
the eastern and western margins of Greenland predict lithospheric
temperatures above typical values for an Archean cratonic geotherm
(Bernstein et al., 1998, 2006). Therefore, the lithospheric thickness of
Greenland is likely more heterogeneous than shown by our estimates,
which can be considered representative of an average value for this
tectonic block.

In the oceanic domain, where we estimated temperatures according
to the plate cooling model (Section 3), at a depth of 40 km the largest
values (900–1350 °C) are observed close to the spreading ridges in the
Eurasia Basin and Greenland Sea (Fig. 6a) and are linked to the process
of active spreading. Temperatures decrease away from the spreading
ridge, as observed in the Eurasia Basin (Section B-B′, Fig. 7), and reach
minimum values of 530 °C in the old Amerasia Basin. Consequently, the
depth of the lithosphere ranges from a few kilometers beneath the ridge
to ~ 90 km beneath the oceanic-continental boundary and Amerasia

Fig. 7. Temperature distribution along three cross-sections, displayed in Fig. 6a. Latitudes and depths are displayed along the x-axis and y-axis, respectively. The
continuous and dashed black lines show the depth of the Moho and basement, respectively.
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Basin (Fig. 6a). The surface heat flow is relatively high (> 55mWm−2,
Fig. 3) in this basin, despite its age (Lebedeva-Ivanova et al., 2018), and
thus the assumptions used in the plate cooling model may not be fully
valid in this area. Indeed, magmatic events that occurred in the
Amerasia Basin during Late Cretaceous times may have likely reheated
it.

At a depth of 100 km, the temperatures already reach 1350 °C, due
to the boundary condition required by the plate model (T=1350 °C at
z=95 km). In contrast, the ThermoSeismic model shows in the oceanic
realm temperatures 100–250 °C lower. In particular, this model esti-
mates temperatures in the Greenland Sea (1200 °C) higher than in the
Eurasia Basin (1100 °C). This may be due to the passive character and
ultraslow spreading rate (6–10mm yr−1) of the Gakkel Ridge, which
reduces the temperatures in comparison with an “intermediate”
spreading rate type of ridge (55–70mm yr−1). The high temperatures
beneath the Greenland Sea may be linked to active mid-ocean ridge
spreading processes and the proximity of the Iceland hotspot, with a
recent northerly flow, as documented by seismology (Yakovlev et al.,
2012) and basalt geochemistry (e.g., Elkins et al., 2016).

In general, we can observe that the differences between the two
thermal models likely arise from the different approaches and thus
assumptions used to produce them. In particular, the seismic tomo-
graphy model and its inversion into temperature is affected by un-
certainties related to possible undersampling by seismic travel paths
and by the lack of knowledge about the possible compositional varia-
tions in the upper mantle.

4.2. Strength and effective elastic thickness (Te)

The strength model is displayed in terms of lithospheric integrated
strength (Fig. 9a), percentage of crustal contribution (Fig. 9b), and li-
thospheric variations along the three cross-sections (Fig. 10), located in
Fig. 6a. Furthermore, we display coupling/decoupling conditions of
lithospheric layers and Te in Figs. (11a-116a). It should be noted that
these estimates are not direct observations, but the results of a high-

resolution crustal model based on gravity data (Lebedeva-Ivanova et al.,
2018) and of assumptions, appropriate for the geological conditions of
the study area on a large-scale (e.g., average surface heat flow values
and crustal rheology used). In particular, Te estimates have to be con-
sidered an upper bound of the possible values, since the assumptions of
a stiff crustal rheology, justified by a widespread mafic crust, promote
coupling conditions of the lithospheric layers in almost the entire study
area. Obviously, assuming a soft crustal rheology (e.g., wet quartzite for
the upper crust and wet diorite for the lower crust) and/or a different
crustal division (e.g., an upper crustal thickness equal to 70% of the
entire crust) lead to a hotter and weaker lithosphere (Fig. S2). On the
other hand, the effects of uncertainties of temperatures, crustal thick-
ness, and rheology on strength and Te often counteract each other and
are difficult to quantify (e.g., Tesauro et al., 2015; Tesauro et al., 2013,
and Tesauro et al., 2012). Therefore, we prefer a qualitative discussion
of the results, linking them with the structure of the tectonic features.
The on- and offshore regions are characterized by relatively high
(> 1×1013 Pa m) and low (<1×1013 Pa m) integrated strength
(Fig. 9a), respectively, according to the two different input values for
surface heat flow (Fig. 3). However, we can notice that the variation
from an oceanic to a stretched continental crustal type in the Canada
Basin (where in some parts the crustal nature is still uncertain) does not
cause any sharp change in the strength and Te values, on account of its
uniform low thickness. One exception is given by Greenland, where we
observe a decrease in the integrated strength from the margins to the
inner part to values lower than 1×1013 Pa m. This result is not related
to significant lateral temperature variations (cross-section A-A', Fig. 7),
but to an increase of crustal thickness in its central part (Fig. 1b), which
promotes ductile deformation in the lower crust and reduction of
strength in the mantle lithosphere (Fig. 10, cross-section A-A'). Different
from the North American cratons, where the strength is mainly con-
centrated in the mantle lithosphere (Tesauro et al., 2015), in Greenland
as well as in other cratons of the Arctic region, the strength is primarily
localized in the crust (> 70%), due to their relatively high tempera-
tures. However, the large crustal thickness of the area is not sufficient to

Fig. 8. (a) HF at the Moho depth in the continental realm. (b) Depth of the lithosphere-asthenosphere boundary, estimated as a depth of the isotherm 1350 °C.
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cause decoupling conditions, on account of the low surface heat flow
assumed (see Section 3.2.1). In case central-eastern Greenland is ther-
mally perturbed, as predicted by Rogozhina et al. (2016), we would
observe crust-mantle lithosphere decoupling, and thus a sharp reduc-
tion of Te in this area. Other onshore continental regions, such as the
Sverdrup Basin and Yenisey Khatanga Basin are characterized by low
crustal thickness and temperatures (Fig. 1b, 6a-b). In these areas the
strength is mainly residing in the mantle lithosphere (Fig. 10, cross-
section C-C′), as indicated by the crustal/lithospheric strength ratio
(< 40%, Fig. 9b).

In offshore continental regions with high crustal thickness
(> 30 km, Fig. 2b-2c) and high temperatures (~700 °C at 40 km,
Fig. 6a, and Fig. 7, Section A-A'), such as the East Siberian Shelf, the
strength is almost exclusively concentrated in the crust (> 90%,
Fig. 9b). At the same time, the crustal/lithospheric strength ratio de-
creases to 40–60% (Fig. 9b) in the Barents Sea and even more sig-
nificantly in the Beaufort Sea (< 30%, Fig. 9b), regions which are
characterized by a thin crystalline crust (< 20 km), overlain by a thick
sedimentary cover (up to 18 km, 1a), and relative low lithospheric
temperatures (500 °C at 40 km, Fig. 6a and Fig. 7 Section B-B′). These
conditions lead to the presence of a mechanically strong upper mantle
20–30 km thick (Fig. 10, cross-section B-B′).

We can observe that although at least 50% of the strength is loca-
lized in the crust in most of the continental Arctic, all lithospheric layers
are coupled (Fig. 11a), and the lithosphere thus deforms as a single
plate, similar to oceanic lithosphere. This results in relatively large
values of Te, which span from 42 to 55 km along the continental
shelves, ~ 62–75 km in the cratonic areas of Greenland, Canadian
Arctic, and Siberia and values up to ~ 85 km in the Sverdrup and Ye-
nisey Khatanga Basin (Fig. 11b). These estimates indicate that the
mantle lithosphere also makes a significant contribution to the Te of
these features, favoring their long-term stability (e.g., François et al.,
2013).

The integrated strength of the oceanic lithosphere (Fig. 9a) ranges
from 2.5×1010 Pa m along the Mid-Atlantic Ridge to 8× 1012 Pa m in

areas close to the oceanic-continental transition. The largest values of
integrated strength are observed in the old Amerasia Basin
(1.25×1013 Pam). Along the active mid-oceanic ridge the strength is
located only within the thin crust, because of the absence of the mantle
lithosphere (Fig. 9b). In contrast, in all other parts of the oceanic do-
main, the strength is mainly located in the mantle lithosphere (up
to> 90%), since its thickness increases fast with cooling, unlike crustal
thickness which remains constant (Fig. 9b and Fig. 10, cross-section B-
B′). The only oceanic region in which the strength is almost equally
partitioned between the crust and upper mantle is the Amerasia Basin,
on account of its anomalous thick crust (Fig. 1b). Consequently, in the
entire oceanic area the lithospheric layers are coupled (Fig. 11a) and Te
tends to increase from the ridge (~8 km) towards the ocean-continent
transitional areas (~42 km), reaching the largest values (~54 km) in
the old Amerasia Basin (Fig. 11b).

4.3. Seismicity, faulting and strength distribution

Earthquakes occur at much faster strain rate (10−3–10−6 s−1) than
geological stain rates for which the YSE's are computed (10−15 s−1).
Consequently, the long-term brittle-ductile transition (BDT) depth
cannot be considered as a direct proxy to maximum seismic depth.
However, since earthquakes take place on pre-existing fractures or
faults, they will likely occur within a permanently brittle layer (Burov,
2011). Therefore, there is probably a direct correlation between the
depth of the BDT and that of the intraplate earthquakes distribution. In
order to investigate this aspect and the relation between strength and
seismicity, we selected from the ISC catalog (http://www.isc.ac.uk/
iscbulletin/search/catalogue/) 2569 earthquakes that occurred from
1970 to present with a magnitude ≥4.0 and a depth ranging between 0
and 50 km (mean ~13.1 km and standard deviation ~8.1 km). We
displayed the selected earthquakes on top of the map that shows the
depth variations of the brittle-ductile transition of the upper crust
(UcBDT) (Fig. 12).

We can first observe that a high concentration of seismic events

Fig. 9. (a) Integrated lithospheric strength for extension (b); and crustal contribution to the integrated lithospheric strength.
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Fig. 10. Lithospheric strength distribution along three cross-sections, displayed in Fig. 6a. Latitudes and depths are displayed along the x-axis and y-axis, respec-
tively. Continuous thick and dashed black lines show the depth of the Moho and basement, respectively. The thin black line in between shows the upper-lower crust
division. White zones, where the strength drops below 10MPa, represent areas of mechanically decoupling of lithospheric layers.

Fig. 11. (a) Coupling and decoupling conditions. (b) Lithospheric variations of the effective elastic thickness (Te) for extensional conditions.
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exists around the plate boundaries, including the Mid-Atlantic Ridge,
the Gakkel Ridge and its prolongation into the Laptev Sea. The number
of seismic events in the Greenland Sea is higher than in the Eurasia
Basin; this is in agreement with their difference in spreading rates (Dick
et al., 2003), since the intensity of magmatic processes, on which the
seismic activity depends, is proportional to them (Schlindwein et al.,
2007). The major part of these earthquakes occurs at a depth of 10 km
(~ 65%) and is located deeper than the depth of the UcBDT, which is
very shallow, in view of the extremely thin crust and high temperatures
of the area (Fig. 12). Below the UcBDT the high temperatures prevent
the storage of the strain energy required to produce an earthquake
(Burov, 2011). It should be noted that our strength model may not have
a sufficient high vertical resolution to capture small shallowing of the
UcBDT, which can likely occur in hot lithosphere near spreading cen-
ters. It should be also noted that the depths of the earthquakes have
usually relatively large uncertainty (up to 5 km, http://earthquake.
usgs.gov/fdsnws/event/1/) and thus can be overestimated along the
ridge.

The other seismic events group occur primarily above the depth of
the UcBDT, away from tectonically active areas, and are likely due to
intraplate stress. In the Greenland Sea we observe clusters of intraplate
earthquakes on each basin flank (Fig. 12). In the Baffin Bay, most
seismic events are concentrated in the center and western part close to
the margins of the Canadian Arctic, where a sharp transition in strength
and Te is observed (Fig. 9a and 11b). A large number of strong earth-
quakes occur along the passive margin of North America, also char-
acterized by a sharp lateral variation in strength and Te. Previous stu-
dies have already found a correlation between intraplate seismicity and
the edges of the cratons, where sharp changes of strength and Te are
observed (Sloan et al., 2011; Tesauro et al., 2015). Note that recent

structural and geological data point to a long and narrow zone of de-
formation that extends from NW Svalbard to northern Alaska (K.
Piepjohn, pers. comm., 2017), which was reactivated several times
since the Paleozoic and is also active today as indicated by the seis-
micity trend (Fig. 12).

The hypothesis of a more general correlation between seismic ac-
tivity and strength/Te variations is further supported by the observation
that other intraplate continental areas are subjected to extensional
stress, but with a more homogeneous distribution of strength and Te,
such as the Kara and Barents Sea and the Chuckchi and East Siberian
Sea, which are essentially aseismic. Furthermore, it should be noted
that the earthquakes located along the passive margin of Greenland and
Canada may also be triggered by the postglacial rebound that occurred
in these areas, as demonstrated by the existing correlation between
seismic activity and deglaciated areas (Chung, 2002; Stein et al., 1989;
Stewart et al., 2000). These earthquakes are concentrated along the
margins of former ice sheets, where different faulting styles (normal,
thrust, and strike slip) can be generated, indicating local stress per-
turbations, induced by glacial unloading (Stewart et al., 2000).

Our results describe the present-day configuration of the Circum-
Arctic lithosphere, but most of it has not been drastically modified in
recent times. Therefore, we test also possible connections between
major faults, which were formed in the geological past, and the depth to
the brittle-ductile transition as derived from this study. To this purpose
we have chosen the faults' compilation of Doré et al. (2016). Further-
more, thrusting has mainly affected the Arctic during major orogenies,
like the Paleozoic Caledonian, Ellesmerian, and Timanian, and the
Cenozoic Eurekan orogenies (e.g., Pease et al., 2014). Rifting has oc-
curred along the Arctic Ocean margins since the Mesozoic, and mod-
erate thrusting was accompanied by considerable strike-slip motion
north of Greenland in the Paleocene-Eocene Eurekan deformation (e.g.,
Piepjohn et al., 2016). Prior to the opening of the North Atlantic, ex-
tensive rifting took place between Eurasia and Greenland, and this re-
sulted in a plethora of normal faulting. The “major faults” selection
(Fig. 12) represents an over-simplification of the fine structure of
faulted areas in the continental Arctic domain, but it samples fairly well
the faulted Arctic lithosphere. We note that the selected fault locations
reside in areas characterized by deep seated BDT (> 15 km), suggesting
that these crustal-scale faults are limited to depths of upper to middle
crustal level. A number of these faults (in particular those trending
parallel to the margins), coincide with the locations of present-day
seismicity, localized at the transition between strong cratonic and re-
latively weak rifted margins lithosphere. In contrast, most of the thrust
faults, located more inward in the continental Arctic interiors, are in-
trinsically aseismic.

5. Conclusions

We present the first comprehensive thermal and strength model of
the Arctic lithosphere. The temperature distribution in the continental
and oceanic domain has been estimated assuming steady-state condi-
tions and using the plate cooling model of Stein and Stein (1992). The
results reveal a first order difference between cold cratonic areas and
hot continental shelves. The lowest temperatures are observed in con-
tinental regions characterized by a thick sedimentary cover, and thin
crystalline crust. The temperatures estimated from the ThermoSeismic
model, based on the inversion of the seismic tomography model
(Yakovlev et al., 2012), are generally lower than those of the Ther-
moSteadyState model. In the cratonic areas the ThermoSteadyState
model is more consistent with the ThermoSeismic model, because the
steady-state conditions are likely more suitable in these regions.

The cratonic areas (Siberia, Scandinavia and the Canadian Arctic)
and tectonically active regions (like the plate boundary between the
North American and Eurasian plates) are characterized by high and low
integrated strength, respectively, according to their thermal structure.
At the same time, in Greenland the strength tends to increase from the

Fig. 12. Depth variations of the brittle-ductile transition in the upper crust
(UcBDT). Black curves show the faults in the Arctic region compiled by Doré
et al., 2016. Orange and green symbols show the earthquakes (ISC catalog,
magnitude ≥4.0) lying below and above the depth of the BDTuc, respectively.
In case the upper crust deforms only in a brittle condition, the depth of the
BDTuc is replaced by that of the UC. (For interpretation of the references to
colour in this figure legend, the reader is referred to the web version of this
article.)
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margins to the inner part, according to the increase of crustal thickness.
Comparison of the seismicity distribution with the integrated

strength, Te, and depth of the upper crust BDT variations, indicates that
earthquakes are mostly concentrated along the plate boundaries,
characterized by areas of weak and thin lithosphere, but also at the
zones of sharp lateral changes in strength and Te, as at the edges of
Greenland and Canadian Artic, where they may reactivate a long-
lasting tectonic boundary. In these regions, rebound stress induced by
deglaciation may also enhance seismicity.

Supplementary data to this article can be found online at https://
doi.org/10.1016/j.gloplacha.2018.07.014.
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