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“Climate is what we expect, weather is what we get.”
Mark Twain (1835–1910)
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Samenvatting
Door de opwarming van de aarde verandert de cryosfeer (de gebieden waar water voorkomt
in bevroren toestand). Deze krijgt daardoor de laatste jaren veel aandacht van zowel wetenschappers als het publiek in het algemeen. De meest dramatische veranderingen vinden
plaats aan de rand van de Groenlandse en Antarctische ijskappen. Daarnaast wordt er een
opmerkelijk snelle afname van het zeeijs rond de Noordpool waargenomen, wat nieuwe mogelijkheden biedt voor de winning van delfstoffen, de visserij, de scheepvaart en het toerisme
in dit gebied. In dit verband lijken de veranderingen die optreden op gletsjers onbelangrijk.
De zeespiegelstijging als gevolg van het verdwijnen van de gletsjers en ijskappen buiten Antarctica en Groenland is slechts 0,15 tot 0,37 meter, vergeleken met 63,9 meter voor de twee
grote ijskappen. Maar juist doordat ze klein zijn, reageren gletsjers en kleine ijskappen veel
sneller op veranderingen in het klimaat en zal de zeespiegelstijging tot het jaar 2100 vooral
veroorzaakt worden door deze smeltende gletsjers. Bovendien kunnen verdwijnende gletsjers
grote gevolgen hebben op locale en regionale schaal, bijvoorbeeld voor de watervoorziening,
elektriciteitsopwekking en het toerisme.
Het huidige gletsjeroppervlak op het Noorse vasteland bedraagt een ruime 2600 km2 , ongeveer 1% van het totale landoppervlak in Noorwegen. Circa 60% van het Noorse gletsjeroppervlak bevindt zich in Zuid-Noorwegen, waaronder ook de grootste ijskap van het Europese
vasteland: Jostedalsbreen. Alle grote gletsjers in Zuid-Noorwegen zijn ijskappen, ofwel plateaugletsjers. De typische vorm van een ijskap is een groot, vlak ijsplateau waaruit een aantal
steilere gletsjers zich verder naar beneden bewegen. Doordat bijna het gehele oppervlak zich
in een klein hoogte interval bevindt, zijn ijskappen erg gevoelig voor klimaatverandering. De
massaverdeling aan het oppervlak van een gletsjer hangt namelijk in de eerste plaats af van
de hoogte; als het totale hoogtebereik klein is, maakt een kleine verandering in de massaverdeling een groot verschil in de totale massawinst of -verlies over de gehele ijskap. Verder
bevinden de Noorse ijskappen zich in een maritiem klimaat, met grote neerslaghoeveelheden
en milde temperaturen. De ijskappen kunnen bestaan doordat er veel sneeuw valt in de winter, neerslag in de zomer is meestal regen. Een kleine temperatuurtoename leidt direct tot
meer smelt aan het oppervlak, maar zorgt er ook voor dat meer neerslag in de vorm van regen
valt in plaats van sneeuw. Hierdoor treedt extra massaverlies op. De combinatie van het maritieme klimaat en de typische hoogteverdeling van het oppervlak maken Noorse ijskappen
bijzonder gevoelig voor klimaatverandering. Dit blijkt ook uit reconstructies van een aantal
Noorse gletsjers gedurende het Holoceen, het tijdvak dat ongeveer de laatste 10 000 jaar omvat. Al deze gletsjers waren groter dan hun huidige omvang gedurende sommige periodes
in het verleden, maar waren geheel verdwenen in het vroeg- tot midden-Holoceen, toen de
gemiddelde zomertemperatuur zo’n 1,5 tot 2,0◦ C hoger was dan tegenwoordig.
De koppeling tussen het klimaat en gletsjerveranderingen gebeurt via de oppervlakte-
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massabalans. Deze is de som van alle positieve en negatieve massabijdragen aan het gletsjeroppervlak. Voor gletsjers buiten de tropen zijn neerslag in de vorm van sneeuw en smelt
van sneeuw en ijs respectievelijk de belangrijkste positieve en negatieve termen. De hoeveelheid smelt wordt op haar beurt bepaald door de oppervlakte-energiebalans: de som van alle
processen (fluxen) die energie leveren of onttrekken aan het gletsjeroppervlak. Op de meeste gletsjers zijn de grootste termen in de energiebalans de inkomende en aan het oppervlak
gereflecteerde zonnestraling, de inkomende en uitgaande langgolvige (infrarode) straling en
de turbulente uitwisseling van warmte. In het algemeen neemt de oppervlakte-massabalans
op een gletsjer toe met de hoogte en is daardoor over een jaar genomen positief voor het
hogergelegen deel en negatief voor het laaggelegen deel. Voor een gletsjer in evenwicht is
de som van de oppervlakte-massabalans over het gehele oppervlak nul. In werkelijkheid is
een gletsjer nooit in evenwicht en daardoor altijd bezig zijn vorm aan te passen richting een
evenwichtssituatie. De traagheid van de gletsjer zorgt ervoor dat die aanpassing geleidelijk
gaat. Daardoor laten lengtereeksen van gletsjers een gefilterd signaal zien van klimaatveranderingen in het verleden.
Dit proefschrift beschrijft de fluctuaties van de ijskap Hardangerjøkulen (60,55◦ N,
7,43◦ E) in Zuid-Noorwegen in relatie tot het klimaat in het verleden, het heden en de toekomst. Met een oppervlak van 73 km2 is Hardangerjøkulen de op twee na grootste gletsjer in Zuid-Noorwegen. Hardangerjøkulen beslaat een hoogtebereik van 1020 tot 1865
meter boven zeeniveau, waarbij 80% van het oppervlak zich boven 1600 m bevindt. Hardangerjøkulen heeft een aantal zijarmen, de grootste zijn Rembesdalsskåka in het westen,
Vestre Leirbotnskåka in het zuiden en Midtdalsbreen en Blåisen in het noorden. Vooral op en
rond Midtdalsbreen zijn veel studies uitgevoerd in verschillende vakgebieden, deze gletsjer
is gemakkelijk toegankelijk en ligt dicht bij het treinstation en dorpje Finse. Op Rembesdalsskåka wordt sinds 1963 jaarlijks de massabalans gemeten en gepubliceerd door het NVE
in Oslo (http://www.nve.no/bre). Rembesdalsskåka heeft zich 1,2 km teruggetrokken sinds
1917, toen lengteveranderingen voor het eerst gemeten werden. De snelste terugtrekking
vond plaats tussen 1940 en 1960 en sinds het begin van de 21e eeuw. Dit is vooral het gevolg
van een negatieve totale massabalans door hoge zomertemperaturen gedurende deze periodes. In de jaren ’80 en ’90 van de 20e eeuw waren er een aantal jaren met uitzonderlijk veel
sneeuw in de winter, wat leidde tot een zeer positieve massabalans en een groei van 200 m
van Rembesdalsskåka.
Om de fluctuaties van Hardangerjøkulen te relateren aan veranderingen in het klimaat,
moeten we eerst de energiebalans aan het oppervlak van deze ijskap begrijpen. Met dit doel
analyseren we in Hoofdstuk 3 een zes jaar lange reeks (2000–2006) met meteorologische data
van een automatisch weerstation (AWS) op Midtdalsbreen. Dit weerstation meet de vier afzonderlijke kortgolvige en langgolvige stralingsfluxen en alle meteorologische variabelen die
nodig zijn om de bijdragen van de overige processen in de energiebalans te berekenen. Omdat
bewolkt weer veel voorkomt op Hardangerjøkulen, kijken we afzonderlijk naar de meteorologische omstandigheden en energiefluxen tijdens onbewolkte en sterk bewolkte condities. We
vinden dat de gemeten windsnelheid en luchtvochtigheid hoger zijn tijdens bewolkte condities, vooral in de winter. Door de grote jaarlijkse gang in inkomende zonnestraling op de
breedtegraad van Hardangerjøkulen vertoont de oppervlakte-energiebalans grote seizoensvariaties. Smelt treedt voornamelijk op van begin mei tot eind september. Op de AWS-locatie
op Midtdalsbreen wordt de energiebalans in de zomer gedomineerd door netto zonnestra2

Samenvatting

ling, deze levert gemiddeld 75% van de smeltenergie. De turbulente fluxen leveren ook een
positieve bijdrage aan de smeltenergie (35%), terwijl de langgolvige straling (–8%) en bodemwarmtestroom (–2%) energie onttrekken aan het oppervlak. Voor onbewolkte condities
is de bijdrage van netto straling (kortgolvig + langgolvig) ongeveer 10% groter dan gemiddeld, bij sterk bewolkte condities is deze bijdrage juist 10% kleiner en leveren de turbulente
fluxen bijna evenveel energie als de netto straling. Hoewel de smelt per tijdseenheid groter is
bij een onbewolkte hemel, vindt de meeste smelt plaats tijdens bewolkt weer, omdat dit veel
vaker voorkomt. In de winter zijn de energiefluxen ongeveer nul bij sterke bewolking, terwijl
er voor onbewolkte condities een balans is tussen de negatieve netto langgolvige straling en
de positieve voelbare warmteflux en de bodemwarmtestroom. Vergeleken met metingen van
een AWS op de Morteratschgletsjer in Zwitserland, is het klimaat op Midtdalsbreen kouder,
bewolkter, vochtiger en winderiger. Doordat het smeltseizoen eerder begint op de Morteratschgletsjer en het ijs donkerder is en dus minder zonnestraling reflecteert, smelt er bijna
tweemaal zoveel ijs gedurende het smeltseizoen als op Midtdalsbreen.
Vervolgens vergelijken we in Hoofdstuk 4 de meteorologische data van Midtdalsbreen
met een vijf jaar lange reeks (2001–2006) van een identieke AWS op Storbreen, een andere
gletsjer in Zuid-Noorwegen, ongeveer 120 km ten noordoosten van Midtdalsbreen. Op deze
manier krijgen we een beeld van de ruimtelijke variatie van meteorologische variabelen zoals
temperatuur en neerslag over Zuid-Noorwegen en kunnen we de oppervlakte-energiebalans
op beide gletsjers vergelijken. De gemeten luchttemperatuur op de twee locaties blijkt dezelfde variaties te vertonen, ook als de jaarlijkse gang is verwijderd. Het windklimaat is juist
erg verschillend op de twee gletsjers: de windsnelheid op Midtdalsbreen is gemiddeld een
factor 1,75 groter. Dit verschil wordt waarschijnlijk veroorzaakt door het opener landschap
rond Midtdalsbreen, waardoor de grootschalige circulatie het windklimaat grotendeels kan
bepalen. Storbreen ligt meer beschut tussen de bergen, hier ontwikkelt zich vaker een gletsjerwind met een lagere windsnelheid. Door de hoge windsnelheid op Midtdalsbreen zijn
de turbulente fluxen een factor 1,7 groter dan op Storbreen. De bijdrage van de turbulente
fluxen aan de smeltenergie is daardoor ook kleiner op Storbreen (25% vergeleken met 35% op
Midtdalsbreen). Omdat de netto straling tijdens het smeltseizoen ook groter is, waarschijnlijk
door dunnere bewolking, is de smeltenergie een factor 1,3 groter op Midtdalsbreen. De accumulatie van sneeuw in de winter is vergelijkbaar op de twee AWS-locaties. Door de grotere
smeltenergie op Midtdalsbreen verdwijnt het sneeuwpakket rond het weerstation eerder in
het seizoen en smelt er 70% meer ijs gedurende het smeltseizoen dan op Storbreen.
In Hoofdstuk 5 gebruiken we de opgedane kennis over de oppervlakte-energiebalans op
de AWS-locatie op Midtdalsbreen om een energie- en massabalansmodel te ontwikkelen
waarmee we de massabalans over de hele ijskap kunnen berekenen. Om de massabalans
te kunnen berekenen buiten de periode waarvoor AWS-metingen beschikbaar zijn, gebruiken we andere meteorologische datasets, die eerst worden vergeleken met de AWS-reeks.
Het massabalansmodel wordt aangedreven met meteorologische data van lokale weerstations (periode 1958–2005) en eveneens met data geproduceerd door een klimaatmodel (1959–
2005). Ook gebruiken we metingen van het verder weg gelegen weerstation in Bergen om
de oppervlakte-massabalans te kunnen berekenen vanaf 1905. De hoeveelheid en het verloop
van de smelt op de AWS-locatie kunnen goed worden gesimuleerd met alle drie de datasets. Het blijkt echter lastig om de juiste hoeveelheid sneeuw te reproduceren met het model.
De gemodelleerde massatoename in de winter komt echter wel goed overeen met de massa3
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balansmetingen op Rembesdalsskåka, wat aangeeft dat de sneeuwverdeling over Hardangerjøkulen geen eenvoudig patroon volgt. Met alle drie de meteorologische datasets vinden
we goede overeenstemming tussen gemodelleerde en gemeten massabalanswaarden, de lokale dataset geeft de beste resultaten. Hoewel het oppervlak van Hardangerjøkulen relatief vlak
is, zien we duidelijke patronen in de smelt die wijzen op verschillen in inkomende zonnestraling door de helling en orientatie van het oppervlak. De gereconstrueerde massabalansreeks
laat zien dat de grootste interjaarlijkse variaties optraden voordat de massabalansmetingen
gestart werden in 1963, met zeer negatieve massabalanswaarden in de jaren ’30 en ’40 van
de 20e eeuw.
De reactie van een gletsjer op veranderingen in de oppervlakte-massabalans kan worden gesimuleerd met een ijsstroommodel. In Hoofdstuk 6 gebruiken we zo’n model om de
evenwichtsgeometrie van Hardangerjøkulen voor verschillende verstoringen van de huidige
massabalans te bepalen. In dit hoofdstuk gebruiken we een simpel massabalansprofiel afgeleid van de massabalansmetingen op Rembesdalsskåka, in plaats van het massabalansmodel.
Hiermee hangt de oppervlakte-massabalans enkel af van de hoogte en kan eenvoudig verstoord worden met een gelijke verandering op alle hoogtes. Met deze simpele massabalansverdeling kunnen simulaties over een lange periode worden uitgevoerd. De modelexperimenten geven aan dat slechts een kleine negatieve verstoring van de oppervlakte-massabalans nodig is om Hardangerjøkulen binnen een aantal eeuwen te laten verdwijnen. De oorzaak van
deze voortdurende afname van het ijsvolume is de massabalans–hoogteterugkoppeling: een
negatieve massabalans heeft een daling van het oppervlak tot gevolg, hierdoor neemt de massabalans verder af, wat weer leidt tot een verdere daling van het oppervlak. Als deze terugkoppeling niet wordt meegenomen, heeft dezelfde verstoring van de massabalans een beduidend
kleiner effect op het ijsvolume. De aanwezigheid van een maximum in het massabalansprofiel, dat zich op Rembesdalsskåka zo’n 100 meter onder het hoogste punt bevindt, heeft een
veel kleiner effect op het gedrag van de ijskap dan de massabalans–hoogteterugkoppeling. De
grote gevoeligheid van Hardangerjøkulen voor veranderingen in de massabalans geeft aan dat
de ijskap waarschijnlijk zal verdwijnen in een warmer klimaat.
In Hoofdstuk 7 worden het massabalans- en het ijsstroommodel gekoppeld, zodat we
de reactie van Hardangerjøkulen op de verwachte klimaatveranderingen in Zuid-Noorwegen
voor de 21e eeuw kunnen bepalen. Hierdoor worden veranderingen in bijvoorbeeld temperatuur en neerslag direct vertaald naar veranderingen in de energie- en massabalans en
vervolgens naar aanpassingen van de vorm en grootte van de ijskap. Een simulatie van
Hardangerjøkulen in de 20e eeuw laat zien dat het gekoppelde model goed in staat is om
de waargenomen lengteveranderingen te reproduceren. Klimaatverwachtingen voor ZuidNoorwegen geven een waarschijnlijke temperatuurstijging van 3◦ C en een neerslagtoename
van 10% voor de periode 2071–2100 ten opzichte van 1961–1990. Als we deze waarden
gebruiken in het gekoppelde model, neemt het ijsvolume van Hardangerjøkulen snel af en is
de ijskap bijna geheel verdwenen in het jaar 2100. Als de we de neerslag laten toenemen
met 50% verdwijnt de ijskap minder snel, maar het effect van de temperatuurstijging kan niet
worden gecompenseerd. Een seizoensvariatie in de verwachte temperatuur- en neerslagtoenames of veranderingen in de windsnelheid en bewolkingsgraad hebben ook slechts een klein
effect op de reactie van Hardangerjøkulen. Dit betekent dat Hardangerjøkulen zal verdwijnen
in een warmer klimaat, bij de verwachte temperatuurstijging van 3◦ C zelfs binnen honderd
jaar.
4
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De gevonden resultaten voor Hardangerjøkulen kunnen niet direct worden toegepast op
andere gletsjers in Zuid-Noorwegen, omdat verschillen in de locatie, oriëntatie en geometrie
van deze gletsjers van invloed zijn op hun reactie op klimaatverandering. De andere ijskappen in Zuid-Noorwegen vertonen de meeste gelijkenis met Hardangerjøkulen en zullen
waarschijnlijk ook snel verdwijnen. De overige gletsjers liggen veelal op grotere hoogte en
zijn minder gevoelig voor klimaatverandering. Hierdoor hebben ze een grotere kans te blijven
bestaan, al zal hun oppervlak ook sterk in grootte afnemen. Aangezien temperatuurvariaties
in het Holoceen waarschijnlijk nooit zo groot zijn geweest als de verwachte temperatuurstijging voor de 21e eeuw en geen van de bestudeerde gletsjers in Zuid-Noorwegen tijdens het
gehele Holoceen aanwezig was, is het zeer waarschijnlijk dat de meeste gletsjers zullen verdwijnen in een warmer klimaat. Simulaties met het gekoppelde model voor een aantal goed
bestudeerde gletsjers in verschillende regios in Zuid-Noorwegen zouden meer duidelijkheid
kunnen geven over de toekomst van de gletsjers in Zuid-Noorwegen.
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Introduction
In the past decades, the growing consensus about anthropogenic climate change has initiated an ever
growing interest in the cryospheric parts of the climate system, both from the scientific community
and the public in general. The main focus is on the large ice sheets of Antarctica and Greenland,
where changes are most dramatic and long-term measurements are scarce. Secondly, the unexpected
fast reduction of the Northern Hemisphere sea ice cover has drawn the attention of not only climate
researchers, but also of Arctic coastal states interested in new opportunities for energy production,
fishing, shipping and tourism. In this light, the changes observed on mountain glaciers seem of minor
importance. The sea level rise resulting from a complete disappearance of the glaciers and ice caps
outside Antarctica and Greenland (0.15–0.37 m) is small compared to the estimate for the large ice
sheets (63.9 m; IPCC, 2007). But due to their smaller size, glaciers and ice caps respond much quicker
to a changing climate. The projected sea level rise until 2100 due to melt of land ice is expected to be
mainly coming from the small glaciers and ice caps, even when a further acceleration of the ice flow
in Greenland and Antarctica is taken into account (IPCC, 2007). Besides the glacier contribution to
sea level rise which affects coastal areas around the globe, glacier changes affect society on more local
scales, e.g. via fresh water supply, power production and tourism.
At present, the glacier area in mainland Norway amounts to more than 2600 km2 (Østrem et al.,
1988), which is approximately 1% of the total land area. Circa 60% of the total glacier area is found
in southern Norway, including the largest ice mass on the European mainland, Jostedalsbreen. The
largest glaciers in southern Norway are all ice caps (or plateau glaciers). Ice caps typically have a
large, flat upper area and a number of steeper outlet glaciers. As the major part of an ice cap’s mass is
concentrated in a small elevation range, ice caps are generally sensitive to climate change. The surface
mass distribution over a glacier is primarily dependent on altitude, implying that a small climate shift
will have large consequences when the glacier altitude range is small. In addition, the Norwegian
ice caps are situated in a maritime climate, characterized by large amounts of precipitation and mild
temperatures. A small increase in temperature will directly lead to more surface melt, but will also result
in more precipitation falling as rain instead of snow, further enhancing the mass loss on the glaciers.
Hence, the combination of a maritime climate and the typical ice cap hypsometry makes Norwegian
glaciers particularly sensitive to climate change. This is confirmed by glacier reconstructions for several
Norwegian glaciers during the Holocene, the period approximately spanning the past 10,000 years. All
studied glaciers had some major advances, but disappeared completely in the early-/mid-Holocene,
when mean summer temperatures were 1.5–2.0◦ C higher than at present (Nesje et al., 2008).
This thesis focusses on the effect of the past, present and future climate on the ice cap Hardangerjøkulen in southern Norway. In the next section, we introduce the main topics investigated in this
thesis. In Section 1.2, the present, past and future climates in southern Norway are described. An
overview of the contents of this thesis is given at the end of this chapter.
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1.1
1.1.1

Main topics
Surface energy balance

The surface energy balance is the sum of the energy fluxes that govern the exchange of energy between the glacier surface and the atmosphere. A net negative or positive energy flux
between the atmosphere and the glacier surface affects the temperature of the upper snow
or ice layer and when the surface temperature is at the melting point, melt occurs. Hence,
understanding the surface energy balance is necessary to translate meteorological conditions
to the energy budget of the near-surface layer on a glacier.
On alpine glaciers, the major energy contributions come from solar and longwave radiation and the turbulent fluxes (Fig. 1.1). The incoming solar radiation (Sin ) follows both a
seasonal and a daily cycle and is additionally modified on its path through the atmosphere,
primarily depending on the length of the path, the aerosol concentration, cloudiness and local topography. Part of Sin is reflected at the surface (Sout ), the fraction depending on the
albedo, the reflectivity of the surface. The longwave radiation emitted by the atmosphere
(Lin ) increases with increasing air temperature, humidity and cloudiness. Lin is generally
smaller than the longwave radiation emitted by the glacier surface (Lout ), which is a function
of the surface temperature. In summer, when Lout is restricted by the maximum temperature
of a melting surface, the net longwave radiation flux can become positive on warm, cloudy
days. Regarding the turbulent fluxes, we can distinguish between the sensible and latent heat
fluxes. The sensible heat flux (Hsen ) transports heat to or from the surface, depending on the
sign of the temperature difference between the air and the surface. The latent heat flux (Hlat )
exchanges water vapour between the air and the surface; where the water vapour condenses,
energy is released. When the sum of the atmospheric energy fluxes is negative, the surface
cools and the subsurface heat flux (G) is directed towards the surface. When the sum of
the energy fluxes is positive, the surface layer is heated to the melting point, after which the
excess energy (Q) is used for melting snow or ice.

1.1.2

Surface mass balance

The surface mass balance on a glacier is the net change in mass for a given surface area over
a certain period. Although the surface mass balance is often simply called mass balance, it
should not be confused with the glacier’s total mass balance. The surface mass balance only
comprises the processes adding or removing mass at the glacier surface, the most important
being snow accumulation and surface melt (for glaciers outside the tropics). The total mass
balance also includes mass exchange at the glacier margins and the glacier bed, for instance
by calving of the terminus and subglacial melt. The surface mass balance is the key mechanism linking climate variables (e.g. precipitation, air temperature, cloudiness) to glacier mass
changes.
The surface mass balance is often reported for individual points on a glacier (b) or averaged over the entire glacier area (B). Commonly used periods for reporting the surface
mass balance at mid- and high-latitude glaciers are the winter or accumulation season, the
summer or ablation season and the combination of one accumulation and ablation season: a
mass balance year. The corresponding mass balance terms are the winter (bw ), summer (bs )
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Figure 1.1: Schematic picture of the major energy fluxes on alpine glaciers. The symbols are explained
in the text.

and net (bn ) mass balance, respectively. The conventional unit is meters water equivalent
(m w.e.), which means that measurements of snow depth or ice melt need to be converted to
the corresponding water depth using a representative snow or ice density, respectively.
As air temperature decreases with altitude, ablation normally also decreases with altitude and the net mass balance is most positive in the upper part of a glacier. The part of a
glacier with a positive annual net mass balance is named accumulation area, in the ablation
area the net mass balance is negative. The accumulation and ablation areas can often be
easily identified on satellite images or aerial photos taken at the end of the ablation season,
where the snow/firn in the accumulation area has a higher albedo than the ice in the ablation
area (Fig. 1.2). The fictitious line separating the accumulation and ablation areas is called
equilibrium-line, its mean altitude the equilibrium-line altitude (ELA, Fig. 1.3). Another
glacier characteristic is the accumulation area ratio (AAR), giving the fraction of the total
glacier area situated above the ELA. Characteristic AAR values for glaciers in equilibrium
range between 0.5 and 0.8, with generally lower values for valley glaciers than for ice caps
(e.g. Porter, 1977).

1.1.3

Ice flow

Glaciers form at locations where the snow accumulated in winter does not melt away completely in summer. In other words, glaciers form in areas with a positive surface mass balance.
Under the pressure of the overlying snowpack, snow changes to firn and gradually turns into
ice. The gravitational force on the ice mass makes the glacier flow downslope, reaching areas with an increasingly negative mass balance. When the climatic forcing is constant, the
glacier will eventually reach a steady state where the mass surplus in the accumulation area
is balanced by the mass deficit in the ablation area. When the climate forcing changes, the
glacier reacts by changing its length and overall shape until it is again in equilibrium with
the prevailing climate (Fig. 1.3). The time it takes for a glacier to reach a new equilibrium
9
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Figure 1.2: Aerial photograph of glaciers north of the ice cap Svartisen in northern Norway. The
upper glacier is Hanspolsabreen, the glacier in the middle Trollbergdalsbreen. The photo was taken on
1 September 1998. Picture provided by L. M. Andreassen.
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Figure 1.3: Schematic picture of the typical surface mass balance distribution on a glacier, the
equilibrium-line altitude (ELA) and the corresponding ice flow. Also shown is the change in glacier
geometry and ELA (dashed) towards a new equilibrium state following a period with a mass surplus.
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depends on the change in climate, but also on the glacier geometry. For instance, glaciers on
a steep bed respond faster to climate change than glaciers on a gently sloping bed. For every
glacier, a characteristic response time can be determined, provided that the change in volume
and length is small. Suppose a glacier with volume V1 is in equilibrium with climate C1 when
suddenly the climate changes to C2 . The volume response time trV is then defined as the time
it takes for the glacier to reach the volume V2 − (V2 −V1 )/e, with V2 the equilibrium volume
corresponding to climate C2 (Oerlemans, 2001). In a similar way, the length response time
trL is defined.
In reality, the surface mass balance changes continuously and glaciers never reach a
steady-state condition. As the glacier’s inertia prevents the glacier from reacting instantaneously to a change in climate, records of glacier length contain a filtered signal of climate
fluctuations in the past decades. Only when the changes in glacier geometry are small compared to the glacier size, glacier length changes can be directly related to past or future climate
conditions. When investigated glacier changes are larger, the effect of glacier geometry adaptations needs to be included. Although the glacier area will decrease at all altitudes when the
climate becomes warmer, the glacier will retreat from the lower altitudes where the mass balance is most negative while area changes are smaller in the upper part. This process makes
the glacier mean surface mass balance less negative than when a constant glacier geometry is
considered. Another important feedback process is the mass balance–altitude feedback. In a
warmer climate, the surface mass balance will become more negative. As a result, the glacier
surface will drop, leading to a further decrease in the mass balance.

1.2
1.2.1

The climate of southern Norway
Present climate

The climate of southern Norway is relatively warm and wet compared to other regions at the
same latitude. This is due to its position at the end of the North Atlantic stormtrack: the
prevailing (south-)westerly winds transport relatively warm and moist air from the ocean to
the continent. The steep topography at the Norwegian west coast forces the air to rise. The
cooling air can contain less water vapour, resulting in large amounts of precipitation in the
coastal regions. Consequently, the western part of southern Norway has a maritime climate
with relatively warm winters, cool summers and large amounts of precipitation. When the
air has passed the mountain range and reaches south-eastern Norway, it has already lost most
of the moisture. Hence, this region has a more continental climate with warmer summers,
colder winters and less precipitation than the western part. This pattern is nicely illustrated by
climatological maps (Fig. 1.4), compiled by sophisticated interpolation of synoptic weather
station measurements in the area (Mohr, 2008). The temperature distribution in southern
Norway principally reflects the topography; the coldest region is Jotunheimen where the
highest mountains of Norway are situated.
The interannual variability in winter temperature and precipitation in southern Norway
is strongly related to the phase of the North Atlantic Oscillation (NAO). The NAO index is
determined from the normalized sea-level pressure difference between Iceland and the Azores
or Portugal and reveals changes in the westerlies across the North Atlantic towards Europe.
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Figure 1.4: The present-day climate of southern Norway: annual mean air temperature (◦ C) and annual
precipitation (mm) over the normal period 1961–1990. Note the non-linear scale. The maps are downloaded from seNorge.no, an initiative of the Norwegian Meteorological Institute, the Norwegian Water
Resources and Energy Directorate and the Norwegian Mapping Authority.
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Figure 1.5: Mean December–March values of the NAO index since 1864 and air temperature and precipitation anomalies for Bergen since 1862 and 1868, respectively. The thin lines are annual values, the
thick lines moving averages over 5 years. Anomalies are calculated with respect to the series average.
NAO index data are provided by the Climate Analysis Section, NCAR, Boulder, USA and downloaded
from http://www.cgd.ucar.edu/cas/jhurrell/indices.html. Monthly temperature and precipitation values
for Bergen were provided by the Norwegian Meteorological Institute.

Positive NAO index values are associated with stronger-than-average westerlies and increased
moisture transport towards Scandinavia (Hurrell, 1995). The linear correlation coefficient (r)
of the NAO index and winter precipitation (December–March) in Bergen, Norway for 72
years is +0.77, the highest value of 39 European stations (Hurrell and van Loon, 1997). The
record of the NAO index since 1864 shows that the NAO was in a persistent positive phase in
the beginning of the 20th century and after 1980 (Fig. 1.5, upper panel). The winters of 1989
and 1990 had the highest NAO index values since 1864 and were associated with maximum
winter precipitation in Bergen (Fig. 1.5, lower panel) and anomalously high winter mass
balances on the glaciers in southern Norway (Haakensen, 1989).
Instrumental temperature records covering the period 1875–2004 have been analysed by
dividing Norway into six temperature regions (Hanssen-Bauer and Nordli, 1998; HanssenBauer, 2005). The individual records were standardized by their mean and standard deviation
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for the normal period 1961–1990 and subsequently combined into a regional temperature series. For the two regions covering southern Norway (east and west), a statistically significant
positive annual temperature trend was found (Fig. 1.6). By using a typical regional standard
deviation, the regional trend was calculated to be +0.08–0.09◦ C per decade. The absolute
regional temperature trend was largest in winter and spring, the trend in summer temperature
was not significant for southern Norway (Fig. 1.6). The coldest period occurred in the beginning of the series, lasting until the early 20th century. High temperatures were recorded
in the 1930s, a result of higher than normal (period 1961–1990) winter, summer and autumn
temperatures. This period was marked by a rapid retreat of glaciers in southern Norway (Andreassen et al., 2005). In the following period until the 1970s, southern Norway experienced
a statistically significant cooling; the glacier retreat slowed down and some glaciers even
advanced. After 1980, winter, spring and summer temperatures were generally higher than
normal, resulting in a warming trend.
In a similar way, precipitation series have been analysed for the period 1895–2004, where
Norway was divided into thirteen precipitation regions, as precipitation varies over shorter
distances than temperature (Hanssen-Bauer and Førland, 1998; Hanssen-Bauer, 2005). For
all regions in southern Norway, a significant increase in autumn precipitation around 2% per
decade was found, while the trend in annual precipitation was only significant in some of
the regions. Until 1960, annual precipitation in south-western Norway was fairly constant,
while a statistically significant trend was observed after 1960, mainly resulting from increased
autumn and winter precipitation.
A regression model based on circulation indices for the period 1900–1994 reproduced
the precipitation trends in western Norway over the entire period, while the model was only
able to reproduce the temperature variability after 1940; the temperature increase from 1900–
1940 was not found (Hanssen-Bauer and Førland, 2000). This result may indicate that the
precipitation variability and the temperature changes after 1940 were related to circulation
changes, while the temperature increase before 1940 was probably influenced by other factors
as well.

1.2.2

Past climate

This section provides an overview of the most pronounced climate fluctuations in southern
Norway during the Holocene. The Holocene approximately spans the past 10,000 years and
is the last interglacial period in a sequence of alternating glacial and interglacial periods. The
Holocene began when global climatic conditions warmed, resulting in the retreat of the continental ice sheets on the North American and Eurasian continents. The Eurasian ice sheet
also covered Norway, resulting in land uplift during and following the ice sheet disappearance. In south-western Norway, the land uplift during the past 11,000 years amounted to
approximately 100 m (e.g., Dahl and Nesje, 1996; Matthews et al., 2005). The uplift rates
gradually decreased during the Holocene, but even today an uplift of 1 mm per year is measured (Ekman, 1996). Different orbital parameters in the early Holocene resulted in a larger
seasonal cycle of incoming solar radiation than at present. At the latitude of southern Norway
(60◦ N), summer insolation was almost 10% larger, while winter insolation was about 20%
lower (Fig. 1.7). During the Holocene, the seasonality in insolation gradually decreased to
the present-day values.
14
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Figure 1.6: Standardized and low-pass filtered annual and seasonal temperature series for the eastern
and western parts of southern Norway, from the analysis by Hanssen-Bauer (2005). The standardized regional series were compiled from individual measurement series normalized by the mean and
standard deviation for the normal period 1961–1990. The low-pass filter includes a Gaussian weight
function with a standard deviation of 3 years, and shows decadal scale variability. Data provided by the
Norwegian Meteorological Institute.
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Figure 1.7: Fraction of past (10 to 2 kyr before present (BP)) and present-day (AD 1950) monthly
insolation values at 60◦ N. Data obtained from Berger (1992).

The climate of only the past 200 years can be inferred directly from meteorological
records. Continuous instrumental observations were becoming more common by the 1850s.
In southern Norway, temperature measurements were started in Bergen in 1818, but until
the year 1868 documentation of the instrumentation and the time of observation was limited
and the series contained many gaps (Nordli et al., 2003). Climate reconstructions for earlier times rely on information deduced from proxies. Examples of proxy types often used to
study Holocene climate in southern Norway are tree-ring chronologies, pollen data, glacier
moraines, sediment cores and historical documents. In proxy studies, it is common to report
dates in years before present (BP), where present refers to the year AD 1950.
Temperatures in southern Norway started to increase around 11,800 BP, indicating the
end of the glacial period and the retreat of the large continental ice masses. Early-Holocene
temperatures were derived from chironomid (non-biting midge) samples in a sediment core
from Kråkenes lake in south-western Norway (Brooks and Birks, 2001). Chironomids have
narrow ecological optima, which vary among species, the most important factor being July
temperature. Using a calibration set based on present-day occurrence of chironomids in Norwegian lakes at a range of temperatures, past July temperatures can be reconstructed. According to the findings of Brooks and Birks (2001), late-glacial temperatures increased by
about 6◦ C in 2000 years. Bjune et al. (2005) reconstructed July temperatures from a sediment core from the lake Vestre Øykjamyrtjørn in south-western Norway, using pollen-climate
transfer functions. They found a 2◦ C temperature rise between 11,000 and 10,000 BP. The
oldest plant macrofossils found in a sediment core from a lake in the vicinity of the ice cap
Hardangerjøkulen were dated to 10,320–10,040 BP (Dahl and Nesje, 1994). Hence, in this
area deglaciation must have occurred at least before 10,040 BP and presumably earlier.
In front of most south Norwegian glaciers two distinct sets of terminal moraines are
found, indicating two major glacier advances. Other glaciers in southern Norway have only
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one distinct terminal moraine. This suggests that a large glacier advance occurred in the late
Holocene, erasing all the moraine evidence of earlier advances. Where two moraine sets are
present, the outer moraines were dated to be formed in the early Holocene, between 10,300
and 9000 BP (e.g., Nesje and Kvamme, 1991; Dahl and Nesje, 1994; Nesje et al., 2001; Dahl
et al., 2002). Because the dating of this event was first realized with samples from Erdalen,
Nesje and Kvamme (1991) termed this glacier expansion event the ‘Erdalen Event’. Two
brief temperature reversions between 11,300–11,100 and 10,800–10,500 BP were observed
in the chironomid record from Kråkenes lake, with estimated July temperature declines of
0.6 and 1.0◦ C, respectively (Brooks and Birks, 2001). A climatic cooling event in the very
early Holocene was recorded in many lacustrine, tree-ring and glacial records from around
the Nordic Seas, often referred to as the Preboreal Oscillation (Björck et al., 1997). The
events at different locations were not synchronous and generally occurred earlier than the
moraine formation in southern Norway. Hence, they might not have a single cause, although
this period is difficult to date with precision (Björck et al., 1997).
Sediment cores from lakes near various glaciers in southern Norway contain a distinct
layer of blue-grey sediment, deposited during a period with increased glacier activity. These
layers are dated at periods between 8400 and 8100 BP; the event is often called the ‘Finse
event’ in southern Norway. It occurred simultaneously with an extremely cold period in other
regions, a similar event was for instance found in Greenland ice cores (e.g. Alley et al., 1997),
in North Atlantic deep sea sediments (Bond et al., 1997), in tree-ring data from Germany
(Klitgaard-Kristensen et al., 1998) and in lake sediments from southern Sweden (Seppä et al.,
2005) and southern Germany (Von Grafenstein et al., 1998). A probable common cause for
this widespread event is a slowdown of the thermohaline ocean circulation triggered by a
catastrophic drainage event from Lake Agassiz and Lake Ojibway, two ice-marginal lakes
dammed by the disintegrating Laurentide ice sheet on the North American continent (Barber
et al., 1999).
Summer temperatures reconstructed from pollen and chironomid occurrence in sediment
cores from southern Norway, indicated a warm period roughly between 8000 and 4000 BP,
with maximum temperatures about 1.5–2.0◦ C higher than at present (Nesje and Kvamme,
1991; Bjune et al., 2005; Velle et al., 2005a). This warm period was also found at other locations, for instance in past temperatures reconstructed from the GRIP borehole at the summit
of the Greenland Ice Sheet (Dahl-Jensen et al., 1998) and is called the Holocene ‘Climatic
Optimum’ (HCO) or ‘Thermal Maximum’ (HTM). A reconstruction of Holocene summer
and winter temperatures in northern Europe, based on a large collection of pollen series, indicated that the temperature maximum only occurred in summer; winter temperatures were
found to increase throughout the Holocene (Davis et al., 2003). This result corresponds well
to the larger seasonal variation in solar insolation in the first half of the Holocene. The climate at 6000 BP is often used for testing climate models, assuming it to be an analogue of
future climate. However, larger summer insolation caused the higher temperatures at 6000 BP,
not increased greenhouse-gas forcing. Modelled temperatures for 6000 BP were higher than
present, but the large proxy-derived anomalies could only be simulated when climate feedbacks between atmosphere, ocean and vegetation were included in the models (Ganopolski
et al., 1998). Climate models also indicated drier conditions in the mid-Holocene, caused by
weakened westerly flow and more evaporation (e.g. Hewitt and Mitchell, 1996). This result
was supported by lake sediment records from southern Sweden indicating lower moisture
17
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Figure 1.8: Holocene glacier variations in various glacier regions in southern Norway, northern Norway (Lyngen, Troms) and northern Sweden. The
horizontal scale is schematic, not to scale. Figure compiled by Nesje (2009).
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supply (Almquist-Jacobson, 1995; Seppä et al., 2005). These unfavourable conditions for
glaciers resulted in the disappearance of most of the glaciers in southern Norway. In almost
all sediment cores retrieved in glacierized regions in southern Norway, a distinct layer without glacial sediments was found (e.g., Nesje et al., 1994; Dahl and Nesje, 1994; Nesje et al.,
2000; Matthews et al., 2000). Although the glacier-free period was different for the various
sites, glaciers were absent from each catchment during one or more periods between 8000
and 4000 BP (Fig. 1.8).
When summer insolation decreased, temperatures followed and glaciers in southern Norway started to form again. Between roughly 6000 and 4000 BP, small fluctuating glaciers
existed where the ice caps Hardangerjøkulen and Jostedalsbreen are situated at present (Dahl
and Nesje, 1994; Nesje et al., 2000). Larger advances occurred around 4000 BP, which is
often referred to as the Neoglaciation. Reconstructed temperature records gave summer temperatures around 4000 BP that are within ±0.5◦ C of present day values (Bjune et al., 2005;
Velle et al., 2005b; Seppä et al., 2005). Although the glacier extent has fluctuated since the
Neoglaciation, the larger glaciers have continued to exist up to the present (Fig. 1.8), suggesting that prolonged positive temperature anomalies did not occur in southern Norway during
the late Holocene.
A period with anomalously low solar activity occurred from ca. AD 1645 to 1715 (the
‘Maunder Minimum’), followed by a smaller anomaly from ca. AD 1790 to 1830 (the ‘Dalton Minimum’) (e.g., Lean et al., 1995; Scafetta and West, 2006). Concurrently, a number
of large volcanic eruptions occurred. Climate models run with reconstructed solar, volcanic
and greenhouse-gas forcing for these periods suggested associated temperature decreases of
0.5–1.0◦ C compared to present-day values (Crowley, 2000; Shindell et al., 2001; Scafetta and
West, 2006; Gouirand et al., 2007). Various Northern Hemisphere temperature reconstructions from proxy data included cold periods with a similar timing and magnitude (e.g., Stuiver
et al., 1995; Dahl-Jensen et al., 1998; Moberg et al., 2005). This period with large-scale temperature deteriorations is often referred to as the ‘Little Ice Age’ (LIA). A tree-ring record
from southern Norway was used to reconstruct July–August temperatures back to AD 1500
(Kalela-Brundin, 1999). Summer temperatures were found to have been up to 1◦ C lower than
present-day values during the Maunder and Dalton Minima, with an additional temperature
minimum around AD 1740. Tax records from south-western Norway reported tax reductions
in the 17th and 18th century (Grove and Battagel, 1983), when farms and pastures were
severely damaged by glacier advances and associated avalanches, rockfalls and landslides.
From AD 1750 onwards, requests for tax reduction became less frequent. During the LIA,
the majority of the glaciers in southern Norway attained their Holocene maximum extent,
although the timing was rather asynchronous (Winkler et al., 2003; Matthews et al., 2005).
Only for Nigardsbreen, an outlet glacier from the Jostedalsbreen ice cap, the timing of the
maximum LIA extent was accurately dated at AD 1748 based on historical evidence. Nesje
and Dahl (2003) argued that the rapid glacier advances in the 18th century may have been
a combined effect of lower summer temperatures and increased winter precipitation because
reconstructed NAO values for this period are generally positive (Glueck and Stockton, 2001;
Luterbacher et al., 2002).
Climate reconstructions for southern Norway indicate that Holocene temperatures varied
by ±2◦ C from present-day values. Quantitive values for precipitation and humidity changes
are difficult to derive from proxies and are also of a more local nature than temperature fluc19
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tuations. The high temperatures during the HTM seem to have been accompanied by drier
conditions, while the NAO was probably in a positive phase during the Little Ice Age, increasing winter precipitation in southern Norway. The large Holocene glacier variations in
southern Norway are a combined effect of changes in temperature and precipitation. Although the corresponding temperature and precipitation changes are only roughly known, the
fast disappearance of the large ice caps in a warmer climate indicates that these ice caps are
very sensitive to changes in climate.

1.2.3

Future climate

As a result of the complexity of the climate system, changes in the forcing will lead to nonuniform climate anomalies over the globe. Therefore, coupled atmosphere–ocean general
circulation models (AOGCMs) are the primary tools to simulate climate changes, since they
include the large-scale oceanic and atmospheric circulation patterns. However, AOGCMs
have a typical spatial resolution of several hundred kilometres, which is insufficient to simulate meso-scale atmospheric processes such as the development of frontal systems and orographic precipitation effects (Christensen et al., 2001). Especially for Norway, located in
the Atlantic storm track with steep orography along the west coast, the regional variations in
temperature and precipitation are large (Fig. 1.4). It has therefore become common to use
downscaling techniques to translate AOGCM results to a limited domain with a higher spatial resolution. Either dynamical or empirical/statistical methods can be applied for this purpose. In dynamical downscaling, a regional climate model (RCM) with a typical resolution
of 50 km is run for a limited domain with lateral boundary forcing provided by an AOGCM
simulation. Empirical downscaling is based on empirical relations between large-scale patterns of climate elements (predictors) and local climate variables (predictands), applied to the
output from climate models. Both techniques have been used to obtain climate projections
for Norway, for instance in the project ‘Regional climate development under global warming’
(RegClim, http://regclim.met.no).
Most studies performed within RegClim made use of climate projections from AOGCMs
by the Max Planck Institute, Germany (ECHAM4/OPYC3, Roeckner et al., 1999) and/or
the Hadley Centre, U.K. (HadCM3, Gordon et al., 2000). Assumptions about future greenhouse gas emissions were generally based on the IPCC Special Report on Emission Scenarios (SRES) A2 and B2 scenarios (Nakicenovic et al., 2000). The projected global warming
from 1990 to 2100 is approximately 2.7◦ C with scenario B2, while A2 gives an increase in
global temperatures of approximately 3.8◦ C (IPCC, 2001). Earlier studies used a larger variety of emission scenarios. Dynamical downscaling was usually done with the HIRHAM
RCM (Bjørge et al., 2000), with a horizontal resolution of approximately 55 km. Empiricalstatistical downscaling was based on a multiple regression with empirical orthogonal functions (EOFs) of gridded meteorological fields or other statistical relations between observed
and modelled variables.
Christensen et al. (2001) compared the climate projections from 1990 to 2050 from four
national climate models employed in the Nordic countries, using different models for dynamical downscaling. They reported an ensemble mean temperature increase of 1.5◦ C in summer
and 2.5◦ C in winter for the total land area of Finland, Sweden, Norway and Denmark. Autumn precipitation was simulated to increase most (15%), for the remainder of the year an
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increase of 5–10% was projected. Precipitation frequency was estimated to increase in line
with absolute precipitation; in all except one ensemble member the precipitation frequency
increased in all months.
A total of 48 climate scenarios from 17 global climate models was investigated by Benestad (2002), employing different downscaling techniques. He analysed the modelled temperature trend for northern Europe from 1990 to 2049 to obtain an estimate of the spread in model
results and the validity of the simulated changes. Analogous to Christensen et al. (2001), the
strongest warming was simulated in winter in both the AOGCMs and the downscaled scenarios. The ensemble mean temperature trend in spring was weak and of similar magnitude as
the inter-model spread. This projected temperature response is not analogous to temperature
changes in the 20th century; historical temperature records from Norway display the largest
temperature trend in spring (Sect. 1.2.1, Fig. 1.6). Benestad (2002) argued that the observed
temperature trend in spring may not be related to changes in the atmospheric circulation, but
to processes not included in the AOGCMs, most likely changes in the radiation budget or in
the stratosphere. Hence, even a multi-model ensemble may not reproduce the observed trend
when all models include a common systematic error.
Hanssen-Bauer et al. (2003) investigated the projected temperature and precipitation
changes in Norway from 1980–1999 to 2030–2049, as well as differences between empirical and dynamical downscaling results. They used a climate projection from the
ECHAM4/OPYC3 model, with the IS92a emission scenario, including greenhouse gases,
tropospheric ozone, and direct as well as indirect sulphur aerosol forcing. With IS92a, the
projected warming from 1990 to 2100 amounts to 2.4◦ C, which is relatively small compared
to the A2 and B2 scenarios. However, the projected temperature increase until 2050 is slightly
larger in IS92a (1.3◦ C) than for the A2 and B2 scenarios (1.1 and 1.2◦ C, respectively), due
to differences in radiative forcing. The empirical and dynamical downscaling methods gave
qualitatively comparable results. Similar to the inter-model comparison results discussed
above, the projected temperature increase for Norway was largest in winter and smallest in
summer. The warming rate was not uniform over Norway, but increased from south to north
and from the coast to the inland areas. For southern Norway, the projected temperature increase ranged between 1.0 and 1.4◦ C, with summer warming smaller than 1.0◦ C and possible
winter warming up to 2.0◦ C, depending on the downscaling method. Empirical downscaling
tended to give a larger projected temperature increase than dynamical downscaling, although
the difference was not statistically significant. In southern Norway, the annual precipitation
was projected to increase by 6–18% in the western regions, while the expected increase in the
eastern regions was less than 5%. The largest increases were projected in autumn and winter,
probably related to increased cyclonic activity in the ECHAM4/OPYC3 projection. Spring
precipitation showed the smallest change and could even decrease.
Climate projections for Europe in the late 21st century were investigated by Räisänen
et al. (2004), comparing changes in meteorological variables from 1961–1990 to 2071–2100.
An RCM (RCAO, Rossby Centre, Sweden) was driven with data from two global climate
models (the AOGCM ECHAM4/OPYC3 and the AGCM HadAM3H, a high resolution version of the atmospheric component of HadCM3), applying two emission scenarios (A2 and
B2). In general, the two emission scenarios produced comparable changes in climate, although with a smaller amplitude for B2 as expected from the smaller climate forcing in this
scenario. Considerable differences were observed between the simulations driven with the
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two global climate models, shortened as RE (ECHAM4/OPYC3) and RH (HadAM3H). Especially in western Norway, there was large variation between the results from RE and RH.
In winter and spring, RE simulated a considerable decrease in mean sea level pressure towards northern Scandinavia, while pressure changes in RH were small. As a result of the
larger pressure gradient over northern Europe in RE, the westerly flow was enhanced and
wind speeds increased in northern Europe, with the largest changes from January to April.
With RH, changes in wind speed were small throughout the year. The changed circulation
in RE resulted in an annual precipitation increase in western Norway up to 70% with the
A2 and larger than 40% in the B2 scenario, the largest change occurring in winter (80% for
February–April in A2). In the RH simulations annual precipitation only increased by 0–10%.
Hence, the projected change in precipitation in western Norway has a large uncertainty due
to differences between the driving climate models. Projected temperature change was also
larger with RE, in fact the simulated warming was quite similar for RE-B2 and RH-A2. For
northern Europe, all four simulations again showed a larger temperature increase in winter
than in summer. Furthermore, the minimum temperatures were found to increase most, reducing the temperature variability in winter. A similar result was reported by Engen-Skaugen
et al. (2007), who compared results from the same global models and emission scenarios, but
with the HIRHAM RCM. The main reason is most likely the simulated reduction in winter
snow cover in northern Europe. Snow cover tends to lower surface temperatures in several
ways: its high albedo reduces the absorption of solar radiation at the surface, it acts as an insulating layer between the soil and the atmosphere and large amounts of energy are needed to
melt the snow (Hanssen-Bauer et al., 2003). In southern Norway, the largest winter warming
is therefore expected in the valleys where the snow cover reduction will be considerable. In
the mountains, snow accumulation may even increase, while in the coastal areas, snow cover
already occurs sporadically.
Figure 1.9 illustrates the spatial patterns in seasonal temperature and precipitation
changes generally found in climate projections for Scandinavia. The figure shows combined
results from two runs with the climate models ECHAM4 and HadAM3H, forced with the
SRES B2 scenarios. Regional downscaling was performed with the HIRHAM model (RegClim project). The projected increase in temperature from 1961–1990 to 2071–2100 is generally smaller along the Atlantic coast than further eastward. This gradient is largest in winter,
with a 2.5◦ C temperature increase near the coast and more than 4◦ C in Finland. In summer,
the temperature increase is smaller (2–3◦ C) and more uniform over Scandinavia, with slightly
higher values in the south. In southern Norway, especially along the western coast, this climate projection simulates only small seasonal differences in temperature increase, only in
autumn the temperature change is visibly higher (3.5◦ C compared to 2.5◦ C in the other seasons). Winter precipitation is projected to increase almost everywhere in Scandinavia, with
the smallest changes along the Atlantic coast. A reduction in summer precipitation may be
expected in the inland areas. Figure 1.9 does not show the large increases in winter precipitation along the Norwegian west coast reported by Räisänen et al. (2004). This feature was
also not present in the original result from the downscaled ECHAM4 model run, before it was
combined to the HadAM3H simulation. Hence, the large uncertainty in projected precipitation for western Norway is probably related to the different regional climate models used for
the downscaling. In southern Norway, the spatial pattern of projected precipitation changes
is complex and variable for the different seasons. Both positive and negative anomalies in
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Figure 1.9: Projected seasonal change in temperature (◦ C, upper panels) and precipitation (%, lower
panels) over Scandinavia from 1961–1990 to 2071–2100. The panels show combined results from two
runs with the global models ECHAM4 and HadAM3H forced with the SRES B2 scenarios. Regional
downscaling was performed with the HIRHAM model (RegClim project). Figure provided by the
Norwegian Meteorological Institute. The location of Hardangerjøkulen is marked with a red circle.
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seasonal precipitation are smaller along the western coast, where most glaciers are found,
roughly ranging between –5 and +20%. In autumn, the precipitation increase could be larger
than +20% in parts of southern Norway.
There is substantial variation in the temperature and precipitation projections for southern Norway from different climate models, emission scenarios and downscaling techniques.
However, all models simulated climate warming in all seasons, with the largest warming in
autumn and winter. Annual mean temperatures will probably have increased by 1.0–1.5◦ C
in 2050, and by 2.5–3.5◦ C in 2100, with respect to the past decades. Although the winter
warming will be larger, the increase in summer temperature will have a much larger impact
on the glaciers in southern Norway, by enhancing the summer melt. Because the glaciers
are situated at the higher altitudes, winter temperatures will remain far below 0◦ C and all
precipitation will still fall as snow. However, higher autumn temperatures will delay the start
of snow accumulation and the first melt will start earlier in a warmer spring, hence the winter season will become shorter. The projected summer temperature changes are larger than
reconstructed July temperatures for the Holocene Thermal Maximum (Sect. 1.2.2), when
glaciers where likely absent in southern Norway. This suggests that the future warming may
lead to the disappearance of the glaciers in southern Norway. Autumn and winter precipitation were projected to increase in the 21st century, most likely by 10–20%, but larger values
up to 80% can be expected when the westerly circulation strengthens. Summer precipitation
might be reduced in the future climate. An increase in winter precipitation is beneficial for
the Norwegian glaciers and more important than a possible precipitation reduction in summer. At present the majority of the summer precipitation already falls as rain and has little
effect on the glacier’s mass balance.

1.3

Contents of this thesis

This thesis focusses on the ice cap Hardangerjøkulen in southern Norway. We investigate
the relation between the local climate and surface processes and determine the response of
the ice cap to climate changes. We first introduce the ice cap Hardangerjøkulen and describe
relevant earlier and ongoing studies on the ice cap (Ch. 2).
We then start by characterizing the meteorological conditions on the ice cap, analysing a
six-year record from an automatic weather station (AWS) on Midtdalsbreen, a north-easterly
outlet glacier of Hardangerjøkulen (Ch. 3). The measurements are combined with an energy
balance model to compute all the fluxes in the surface energy balance. Besides a description
of the general climate conditions at the AWS site, the emphasis of the chapter is on interannual
variability and the effect of clouds on the meteorological parameters and the surface energy
fluxes.
In Chapter 4, the AWS measurements on Midtdalsbreen are compared to measurements
on Storbreen, a valley glacier located 120 km northeast of Midtdalsbreen. The comparison is
based on five years of simultaneous data from identical AWSs on both glaciers. We identify
similarities and differences in the meteorology and surface energy fluxes at the two locations
and discuss their effect on the surface melt.
We move from point studies to two-dimensional fields in Chapter 5, where we present a
spatially distributed mass balance model for Hardangerjøkulen, driven with meteorological
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data. The model is calibrated and validated with the analysed AWS data and mass balance
measurements on the ice cap. Additional to the five years of AWS data, we use three other
input data sets for the model: almost fifty years of data from local weather stations as well as
ECMWF reanalysis and operational data for the same period and one hundred years of data
from two weather stations in Bergen, located at a larger distance from the ice cap.
In Chapter 6, we apply a two-dimensional ice-flow model to Hardangerjøkulen. A dynamic calibration with the observed length changes at two of the outlet glaciers is performed
to determine suitable values for the model parameters. Using a simple mass balance profile,
we investigate the response of the ice cap to mass balance changes. Special emphasis is given
to the shape of the mass balance profile and the associated mass balance–altitude feedback.
Finally, the ice-flow model is coupled to the mass balance model (Ch. 7). The coupled
model is used to simulate the ice cap evolution through the 20th century and the response of
Hardangerjøkulen to the climate changes projected for the 21st century.
Chapter 8 concludes the thesis with a summary of the main results for Hardangerjøkulen
and an evaluation of possible applications to other glaciers in southern Norway.
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The ice cap Hardangerjøkulen
The glaciers of southern Norway are situated in regions with a combination of large snow amounts
and low temperatures (Figs. 1.4 and 2.1). Due to the large precipitation gradient from west to east,
glaciers near the coast can exist at lower mean altitudes (higher temperatures) than glaciers further inland. Hardangerjøkulen (60.55◦ N, 7.43◦ E) is situated in the transitional zone between the wet coastal
climate and the more continental climate further inland (Fig. 2.1). With an area of 73 km2 it is the sixth
largest glacier on the Norwegian mainland and the third largest glacier in southern Norway. Hardangerjøkulen is an ice cap or plateau glacier with several outlet glaciers; the largest outlet glacier Rembesdalsskåka drains to the west (Fig. 2.2). The ice cap is situated on the main water divide between
western and eastern Norway; the meltwater from the three north-eastern outlet glaciers is transported to
the east, contrary to the rest of the ice cap (Østrem et al., 1988). Hardangerjøkulen covers an altitude
range from 1020 to 1865 m a.s.l., with 80% of its total area located above 1600 m a.s.l. (Fig. 2.3). Various investigations are currently done on Hardangerjøkulen or have been carried out in the past. Most of
these studies have been done on the outlet glacier Midtdalsbreen, which is easily accessible and situated
close to the town and railway station of Finse. For this reason, the German Army tried to use the ice
cap as a landing strip in World War II, but this was no success due to large crevasses in the upper area
at that time. This chapter provides an overview of the studies that are relevant with respect to the main
topics investigated in this thesis.
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Figure 2.1: Glaciers in southern Norway (white) and the location of Hardangerjøkulen. Other glaciers
mentioned in the following sections are indicated: Ålfotbreen (A), Nigardsbreen (N), Storbreen (S),
Hellstugubreen (H), Gråsubreen (G), Omnsbreen (O) and Rembesdalsskåka (R). The map is based on
the Statens Kartverk 1:250 000 map series and includes perennial snow fields.

2.1
2.1.1

Surface energy balance
Energy balance studies

Between 1954 and 1981, energy balance studies were conducted on nine glaciers in southern
Norway (Messel, 1985). At all locations, incoming solar radiation, surface albedo, cloudiness
and ablation were measured. Net longwave radiation was calculated with a formula giving
net radiation as a function of cloud fraction; temperature or humidity dependence were not
taken into account. For six of the nine glaciers, the turbulent fluxes were computed as the rest
term in the energy balance. More extensive measurements were done at Storbreen (Liestøl,
1967), Gråsubreen (Klemsdal, 1970) and Omnsbreen (Messel, 1971), where the turbulent
fluxes were calculated from measured air temperature, relative humidity and wind speed. The
combined results from all studies revealed that the turbulent fluxes contributed the majority
of the melt energy at the westernmost glaciers in southern Norway, while net radiation (net
solar plus net longwave radiation) dominated the energy balance at the eastern glaciers.
Hardangerjøkulen was not included in this series of energy balance studies. The closest studied glacier was Omnsbreen, a small (1.5 km2 ), inactive glacier located approximately
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Figure 2.2: Contour map of Hardangerjøkulen created from a 1995 digital elevation model by Statens
Kartverk. The reference system is UTM zone 32 (EUREF89), the contour interval is 50 m. The dashed
lines indicate the drainage basins of the different outlet glaciers, drawn after Andreassen and Elvehøy
(2001) and slightly modified (H. Elvehøy, pers. comm.). Shown are the locations of the automatic
weather stations (stars), the GPS instruments (numbered triangles), the camera (open square) and the
stakes used for the NVE mass balance measurements in recent years (filled squares).
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Figure 2.3: Hypsometry of Hardangerjøkulen and Rembesdalsskåka at 10 m intervals, created from the
1995 digital elevation model.

16 km north of Hardangerjøkulen (Fig. 2.1). A meteorological station was placed on a horizontal part of Omnsbreen at 1540 m a.s.l., recording meteorological parameters from 3 June
to 8 September in both 1968 and 1969 (Messel, 1971). In the summer of 1968, the glacier
surface remained snow-covered throughout the season, while in 1969 the surface became
snow-free around 21 July. Furthermore, the summer of 1969 was warmer and sunnier than
1968, resulting in 30% more ablation. The larger incoming solar radiation and lower albedo
in 1969 lead to a 5% larger relative contribution of net radiation to melt, while the sensible
and latent heat flux were 3 and 2% smaller, respectively. Averaged over the two summer
seasons, net radiation contributed 52% to ablation, the sensible heat flux 32% and the latent
heat flux 15%. The energy balance study on Omnsbreen indicated considerable interannual
variability between the two measurement years.
In 1987, melt was recorded at 22 ablation stakes in the lower part of the Midtdalsbreen
catchment (Willis et al., 1993). Rain-gauges were attached to five of these stakes and precipitation was monitored daily. In front of the glacier tongue, a weather station stored mean,
maximum and minimum air temperature, mean wind speed and total precipitation every hour.
A regression model was applied to relate the meteorological observations to the ablation measurements. Three meteorological factors explained 73% of the variance in daily melt rates:
the product of daily mean wind speed and lapse rate adjusted air temperature (a measure of
turbulent heat transfer), daily maximum temperature (a measure of incoming radiation) and
daily temperature range (a measure of cloud cover and hence net longwave radiation). The
highest correlation with the melt rate was obtained with the product of wind speed and air
temperature, indicating that the turbulent fluxes accounted for most of the variance in the
daily melt rates during the measurement period.
Since the energy balance studies in southern Norway were conducted in different years,
only very general conclusions can be drawn from a comparison. In Chapter 3, we analyse six
years of automatic weather station (AWS) data from Midtdalsbreen and discuss the interannual variability. This record is compared with a record from Storbreen in Chapter 4. Because
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the two records were obtained from identical AWSs and span the same five-year period, we
are able to compare the local climates at the AWS sites in great detail.

2.1.2

Automatic weather stations

To investigate the local climate and the surface energy exchange at Hardangerjøkulen yearround, an automatic weather station (AWS) site was established in the ablation zone of Midtdalsbreen (Fig. 2.2). The AWS (Fig. 2.4a) was installed on 1 October 2000 and is operated by
the Institute of Marine and Atmospheric research Utrecht (IMAU). In summer, the mast rests
on the ice surface and the distance of the instruments to the surface is constant. When snow
falls, it accumulates around the mast and the distance between the surface and the instruments
decreases.
The mast contains a radiation sensor (incoming and reflected solar and incoming and
outgoing longwave radiation), a temperature/humidity sensor (air temperature and relative
humidity), a wind sensor (wind speed and wind direction) and a sonic ranger (distance to the
surface) (Fig. 2.4c). On 12 May 2005, a GPS instrument was added to the mast. Most sensors
are situated at 5.7 m above the surface in summer, the measurement level of the wind sensor
is 0.35 m higher. A second arm with a temperature/humidity and wind sensor was attached to
the mast at 2.4 m above the ice surface to provide information about vertical gradients in these
quantities. Because these sensors were enclosed in the snowpack in several winters and often
malfunctioned afterwards, this arm was removed in September 2006. A tripod containing
a second sonic ranger was drilled into the ice next to the mast. This sensor records the ice
melt and the accumulation of the first snow, the sonic ranger in the mast takes over when
the snow depth becomes larger. The measurement site further contains one to three ablation
stakes, serving as a reference for the sonic ranger records. The tripod and the stakes need to
be redrilled every year. When the AWS is visited in winter, five temperature sensors can be
placed into the snowpack to measure snow temperatures during the remainder of the winter
and the following spring (Fig. 2.4e). Air pressure is measured inside the box containing
the data logger. Sample time varies per sensor, (average) values are stored every 30 minutes.
Power is supplied by lithium batteries, energy generated by a solar panel was used to ventilate
the temperature sensors. The solar panel suffered from the contact with a wet snowpack in
the spring and was removed in September 2007.
Due to the opening of a crevasse, the AWS fell down on 18 July 2005. It was re-erected
during the maintenance visit on 25 August. Because the height and orientation of the instruments was totally different from 18 July to 25 August, this 39-day period had to be excluded
from further analysis.
Specifications for the AWS instruments and an analysis of the first six years of measurements can be found in Chapter 3. The snow temperature measurements were outside the
focus of Chapter 3 and will be shortly discussed here.
Until present, temperature changes in the snowpack around the AWS have been measured
during five late winter and spring seasons. One of the sensors was placed just below the snow
surface, a second one close to the ice surface and the other three sensors were evenly spaced
in between (Fig. 2.4e). Although the depth of the sensors below the surface changed when
new snow fell or snow melted, the measurements give valuable insight into the temperature
structure in the snowpack and the evolution of snow temperatures with time.
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Figure 2.4: IMAU monitoring at Hardangerjøkulen. (a) The AWS site on Midtdalsbreen, showing the
mast and the sonic ranger on the tripod. Picture taken on 9 September 2006. (b) The AWS at the summit
of Hardangerjøkulen, picture taken on 10 May 2005. (c) Close-up of the sensors at the upper arm of
the AWS on Midtdalsbreen, where 1=radiation sensor, 2=GPS, 3=temperature/humidity sensor, 4=wind
sensor and 5=sonic ranger. (d) One of the GPS stakes on Hardangerjøkulen. Picture taken on 12 May
2005. (e) Snow temperature sensors inserted into the snowpack next to the AWS on Midtdalsbreen.
Picture taken on 21 March 2006. (f) Camera for repeated photography of the Midtdalsbreen ablation
area, picture taken on 29 August 2008.

Figure 2.5 shows the records of the sensors in four of the five seasons, together with measured air temperature and snow depth. The amplitude of the temperature signal decreased
with the distance to the surface and the time lag increased. Close to the ice surface, the snow
temperature was almost constant during the winter, but its value varied between –3 and –5◦ C
for the different years. Around the beginning of May, the exact moment depending on atmospheric conditions, temperatures throughout the snowpack rose towards the melting point
temperature. The snowpack was often quickly heated by refreezing of meltwater, formed at
the surface. When the entire snowpack was at the melting point temperature, snow depth
started to decrease rapidly. In mid-April 2003, snow temperatures rose during a warm period,
but 0.6 m of new snow fell in late April and May and snow depth only started to decrease at
the end of May.
On 10 May 2005, a second IMAU-AWS was erected in the accumulation area of Hardangerjøkulen, near the summit (Fig. 2.2). The mast at this AWS-site was of slightly different
design than the AWS on Midtdalsbreen, but measured the same quantities with the same type
of instruments (Fig. 2.4b). Ablation stakes or a tripod with sonic ranger were not used at
this site. Snow temperature sensors were attached to the mast to measure temperatures in the
snow accumulating after the AWS was placed. In contrast to the AWS on Midtdalsbreen, the
summit AWS suffered from serious icing on the instruments, resulting in a complete breakdown of the mast in November 2005. The AWS was dismantled and removed in March
2006. The longwave radiation sensor did not function properly from August onwards, but for
the other quantities usable measurements were obtained during the summer of 2005. These
measurements were used to fill the data gap in the record from the Midtdalsbreen AWS. For
the period with measurements at both sites, vertical gradients in the meteorological variables
were determined for use in the mass balance model (Ch. 5).

2.1.3

Snow water content and refreezing

Inspired by large differences in reported ice formation at polar ice caps and glaciers in the
European Alps, Laumann (1972) studied the structure of snow, firn and ice in the accumulation area of Hardangerjøkulen. During numerous visits in the summer seasons of 1970 and
1971 and the intermediate winter season he measured subsurface temperature, density and
free water content along horizontal and vertical profiles at various sites.
The free water content of the snow in spring was found to be highly variable in space
and time with values up to 9 vol% in some layers. Almost constant values around 3–4 vol%
were observed later in summer which he identified with the snow’s retention content. The
free water content value for firn fluctuated around 3 mass%, but most of the meltwater was
observed to run off before the winter cold set in, approximately 0.9 mass% remained in the
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Figure 2.5: Half-hourly snow temperatures at five different depths in the snowpack, shown together
with air temperature (grey line) and snow depth (black line). Snow temperatures measured closest to
the snow surface are drawn with a red line, the yellow, green, blue and purple correspond to increasing
depths below the surface. Note that the vertical scales vary for the different years. For 2001, only four
records are shown; the second-highest sensor in the snowpack did not function properly.
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firn.
In the upper parts of Hardangerjøkulen, subsurface temperatures were found to be permanently below zero from a short distance below the surface downwards. Further down, in the
central parts of Rembesdalsskåka, the firn was isothermal and at the melting point throughout the summer season. This difference was explained by the surface slope (Laumann, 1972).
In the upper parts with a small slope, meltwater drains slowly and for a large part refreezes
when the winter cold sets in. Because meltwater cannot penetrate these ice layers, the upper
snow layer is heated in spring but the ice layer below only slowly warms by heat conduction.
In the lower accumulation area, where slopes are larger, the meltwater runs off before the
temperatures drop and little ice is formed. In spring, penetrating meltwater can heat the firn
to great depths.
To incorporate the effects of meltwater penetration and refreezing in the snowpack in
a mass balance model, a snow module with thin model layers needs to be included. This is
computationally expensive and requires a realistic initial density profile for the snowpack. For
the point studies at the AWS sites on Midtdalsbreen and Storbreen (Chs. 3 and 4), a detailed
snowpack routine was included in the energy balance model. For the spatially distributed
mass balance model (Ch. 5), this was computationally not feasible. Furthermore, there are
too few measurements available to calibrate the routine in the upper parts of the ice cap.
Hence, a simple subsurface routine was used for the mass balance modelling.

2.2
2.2.1

Surface mass balance
Mass balance program

Annual mass balance measurements have been carried out for shorter or longer periods at
26 glaciers in southern Norway, using the stratigraphic method (Andreassen et al., 2005).
The winter balance was measured in April or May by probing to the previous year’s summer
surface. The mean snow density was derived from samples taken in a snowpit. The summer
and net balance were determined from stake readings in September or October.
The mass balance program on Hardangerjøkulen was initiated in 1963 by the Norwegian
Polar Institute on the largest outlet glacier Rembesdalsskåka. Since 1985, annual mass balance measurements have been carried out by the Norwegian Water Resources and Energy
Directorate (NVE), Oslo (e.g., see Kjøllmoen et al., 2008). In the early years, a large network
of stakes was used and snow depth was measured along extensive profiles. The measurements
revealed that the spatial pattern of accumulation and ablation was similar in different years;
based on this observation the stake network was reduced to a smaller number at strategic
sites. At present, accumulation and ablation are measured at stakes and towers located at the
spots indicated in Fig. 2.2. Additional snow depth measurements are done along two profiles
in the upper part (above 1500 m a.s.l.).
Measured winter, summer and net mass balance show large interannual variability
(Fig. 2.6). The mean net mass balance over the measurement period 1963–2007 was slightly
positive (+0.10 m w.e.), with a mean winter balance of +2.10 m w.e. and a summer balance of
–2.00 m w.e. Rembesdalsskåka received anomalously large snow amounts in the late 1980s
and early 1990s, when the NAO was in an exceptionally positive phase (Sect. 1.2.1). The
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Figure 2.6: Winter, summer and net mass balance of Rembesdalsskåka (1963–2007). Data provided by
NVE, Oslo.

winter and net mass balances of the year 2006 were the lowest ever measured on Rembesdalsskåka. Separate specific mass balance profiles for the winter and summer are available
for 35 of the 45 years and have a comparable shape in most years. The difference between
the maximum and minimum mass balance profiles is similar at all altitudes for the winter
balance, while the variability in the summer balance is larger at lower altitudes (Fig. 2.7a).
Although the maximum total winter balance was reported for 1983, we show the profile for
1990, because the profile measured in 1983 has not been published. In all years, the winter balance increased with altitude, but decreased for altitudes above 1775 m a.s.l. The most
likely cause is snow erosion by the wind. The summer balance decreases more slowly for
altitudes above 1600 m a.s.l., probably the result of smaller seasonal changes in albedo in the
accumulation area. The net mass balance increases approximately linearly with elevation in
the ablation zone (Fig. 2.7b). The equilibrium line is situated at 1640 m a.s.l., based on the 35
profiles. Combined with the hypsometry of Rembesdalsskåka (Fig. 2.3), the mean ELA gives
an AAR of 0.82. Looking at the surface mass balance in terms of volume, the largest volume
increase occurs around 1800 m a.s.l. At this altitude, the mass balance is most positive and
the drainage basin of Rembesdalsskåka is wide (Fig. 2.3). The largest negative contribution
to the total mass balance is found around 1200 m a.s.l., where the glacier tongue is wider than
further up- and down-glacier.
The mass balance on Midtdalsbreen was measured in 2000 and 2001 as part of a Master’s
thesis project by Karin Krantz, University of Oslo (Kjøllmoen et al., 2001, 2003; Krantz,
2002). The reported net mass balance values were +1.32 m w.e. in 2000 and –0.64 m w.e. in
2001, which were comparable to the net balance at Rembesdalsskåka (+1.43 m w.e. in 2000
and –0.85 m w.e. in 2001). The series for Midtdalsbreen are too short to compare the mass
balances on the two outlet glaciers in more detail.
The mean winter and summer mass balance on Rembesdalsskåka lie in between amounts
measured on other glaciers in southern Norway (Fig. 2.8a). Due to the west–east gradient in
temperature and precipitation (Fig. 1.4), both the winter and the summer mass balance are
larger on the maritime glaciers near the coast than on the more continental glaciers further
inland. The relative contribution of the summer (winter) balance variations to net balance
variations can be investigated by computing the ratio of the standard deviations of the an-
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Figure 2.8: (a) Mean winter, summer and net mass balance and (b) cumulative net mass balance for six
glaciers on a west–east transect in southern Norway, for the period 1963–2007. A = Ålfotbreen, N =
Nigardsbreen, R = Rembesdalsskåka, S = Storbreen, H = Hellstugubreen and G = Gråsubreen. Data
provided by NVE, Oslo.

nual summer (winter) and net balance values (Dyurgerov and Meier, 1999). These ratios
were computed for all monitored Norwegian glaciers by Andreassen et al. (2005), revealing that at the westernmost glacier Ålfotbreen, winter balance variations determined the net
balance variance to a larger extent than summer balance variations (0.78 versus 0.53). On
the easternmost glacier Gråsubreen, summer balance variations were primarily reflected in
the net balance variance (0.42 versus 0.85). In this respect, Rembesdalsskåka is similar to
Ålfotbreen, with values of 0.73 versus 0.54. The cumulative mass balance curves for six
glaciers in southern Norway since 1963 show that over this period, the easterly glaciers in Jotunheimen had an almost continuously increasing mass deficit (Fig. 2.8b), while the maritime
glaciers had a significant mass surplus in the late 1980s due to increased winter accumulation
(Sect. 1.2.1). Rembesdalsskåka was in approximate balance until 1988, followed by a moderate mass increase compared to Nigardsbreen and Ålfotbreen. Since 2000, net mass balances
have mainly been negative on all glaciers in southern Norway (Kjøllmoen et al., 2008).

2.2.2

Photographic monitoring

In August 2005, a camera was placed on a small hill west of the Midtdalsbreen terminus
(Figs. 2.2 and 2.4f). Initially, the camera took three pictures per day at 12, 16 and 17 UTC,
which was changed to four pictures per day (10, 12, 14 and 16 UTC) after the first year. The
pictures show the ablation area surrounding the AWS site on Midtdalsbreen, providing information on the spatial surface evolution on this part of the glacier. Of particular interest are the
snow-line retreat in early summer and (qualitative) albedo changes associated with summer
snowfall events. The camera did not function continuously for the entire period, complete
picture series were obtained for the periods August 2005–March 2006 and March 2007–
September 2008.
A selection of pictures from the period March–September 2007 is shown in Fig. 2.9.
The left column displays weekly pictures for five weeks during which the photographed area
changed from snow-covered to largely snow-free. The snow disappeared first at the higher
altitudes and the ice surface expanded further downward every week. This is contrary to what
one would expect from the general assumption that melt decreases with altitude. Probably
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Figure 2.9: A selection of pictures taken by a camera overlooking the Midtdalsbreen ablation area
around the AWS. The AWS site is indicated in the pictures, the glacier terminus is situated to the left of
the photographed area.
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the snow depth was larger in the steeper parts toward the glacier terminus. A similar pattern
was observed on the pictures taken in the summer of 2008.
The right column in Fig. 2.9 contains pictures taken in different seasons. The upper two
panels show different spatial patterns of the snow surface, formed by the interaction of the
wind with the surface. In some periods, well developed sastrugi were visible, but rather
smooth snow surfaces also occurred. The third panel illustrates the spatial ice albedo pattern
on Midtdalsbreen, with relatively high values along the flowline, lower values at the sides
and very low values near the ice margin. The last two panels show typical autumn conditions,
when snowfall events and gloomy weather conditions often occur. The pictures with exposed
ice could possibly be used to estimate the ice velocity by tracking crevasses. This has not (yet)
been attempted because the oblique viewing angle complicates the analysis. Furthermore,
velocities can only be determined for the relatively short period in summer when crevasses
are visible.

2.2.3

Albedo distribution from satellite images

The albedo pattern on Hardangerjøkulen changes with the seasons, but also on shorter time
scales: a summer snowfall event can suddenly increase the albedo on the entire ice cap (e.g.,
see Fig. 2.9). Snapshots of the ice cap albedo distribution can be obtained from satellite images, but a large number of satellite images is needed to capture the albedo evolution through
the ablation season. To obtain sufficient spatial coverage over Hardangerjøkulen, the satellite
product needs to have a spatial resolution of less than 100 m. The disadvantage of these satellites is that they have a typical return time of several weeks. For the ice albedo distribution,
images taken at the end of the ablation season are required. But because Hardangerjøkulen is
situated in a region with frequent cloud cover in summer, the few satellite overpasses every
summer only occasionally provide cloud-free scenes.
The spatial albedo distribution on Hardangerjøkulen was derived for three (almost) cloudfree Landsat satellite images, taken at 6 August 1988, 21 August 2002 and 15 September
2002 (Giesen, 2004). The Landsat images have a spatial resolution of 30 m. First, a glacier
mask was created from the 1988 image, using the ratio of the raw data in band 4 (760–
900 nm) and band 5 (1550–1750 nm). Both band 4 and 5 are in the near-infrared spectrum,
but because band 4 is close to the visible part of the spectrum, the ice cap radiance in band
4 is higher (more reflection) than the surroundings, while in band 5 it is lower (colder) than
the surroundings. Hence, the ratio of band 4 and 5 has a higher value for ice cap pixels; a
threshold of 2.0 was used to distinguish between glacier and non-glacier pixels.
The retrieval method described by Klok et al. (2003) was applied, which is based on
the spectral albedos in band 2 (520–600 nm) and band 4. The raw satellite data in the two
bands were first converted to planetary albedos, after which an atmospheric correction was
applied to determine the surface albedo for a horizontal surface. Since ice and snow are
anisotropic reflectors, this surface albedo had to be corrected for the surface slope, using Bidirectional Reflectance Distribution Functions (BRDF’s). This requires precise geolocation
of the Landsat image on a digital elevation model of the ice cap. Finally, the broadband
surface albedo was calculated from the albedos in band 2 and 4.
The surface albedo distributions derived for the images of August and September 2002
show large albedo changes within a month (Fig. 2.10). On 21 August, there was a clear
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excluded from the albedo retrieval.
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distinction between snow with a high albedo (0.6–0.7) and bare ice with a much lower albedo
(0.2–0.3). The areas with an intermediate albedo probably were firn or wet snow surfaces.
The lowest ice albedos were found near the ice cap margins where the ice contains more
debris and dust, but also close to the snow-line, which is possibly related to the accumulation
of dust. The snow-covered area had a very homogeneous albedo. By 15 September, the
snow-line had significantly retreated, only some patches were still snow-covered. The albedo
decrease in the upper parts can be attributed to high melt rates between the two dates, as
indicated by the AWS record from Midtdalsbreen. On the other hand, the albedo in the lower
areas was slightly higher on 15 September. Since the AWS measurements do not suggest
snowfall in the previous days, rain probably removed part of the dust on the surface.
These images show that the albedo distribution on Hardangerjøkulen can change to a
large extent within a month, which has great implications for the solar radiation absorbed at
the surface and consequently the surface energy balance. On the other hand, albedo values
are rather homogeneous for areas with the same surface type. This implies that using spatially
varying albedos for snow and ice in a mass balance model adds little value if the timing of
transitions from snow to ice or vice versa are not realistically modelled.

2.3
2.3.1

Ice flow
Glacier length measurements

Changes in glacier length have been monitored at Rembesdalsskåka since 1917, initially by
J. Rekstad from Bergen Museum. During several periods measurements were done annually,
since 1995 annual length change observations have been conducted by Statkraft Energy AS.
Glacier length observations at Midtdalsbreen were initiated in 1982 by Prof. A. Nesje from
the University of Bergen. Glacier outlines for Hardangerjøkulen were produced for 1961,
1973 and 1995 and have, combined with other information, been used to tie the separate
records for Rembesdalsskåka together and to extend the Midtdalsbreen record (H. Elvehøy,
pers. comm.). Rembesdalsskåka retreated almost 1.2 km since 1917, the fastest retreat occurring between 1940 and 1960 and after 2000 (Fig. 2.11). The glacier advanced between 1983
and 1995, a result of the generally positive net balances in the 1980s and the very positive net
balances around 1990 (Sect. 2.2.1). Geomorphological and lichenometrical studies indicated
that after reaching a maximum position around AD 1750, Midtdalsbreen retreated at a steady
rate until 1930, then halted for some years, followed by a rapid retreat until 1960 (Andersen
and Sollid, 1971). Since then, changes in the frontal position have been small, especially
compared to Rembesdalsskåka (Fig. 2.11).

2.3.2

Reconstructed Holocene variations

As was already mentioned in Section 1.2.2, the relatively large Little Ice Age (LIA) advance that culminated around AD 1750 has overridden almost all of the older moraines at
the glaciers in southern Norway. At Hardangerjøkulen, pre-Little Ice Age marginal moraines
were mapped just outside the LIA moraine at Blåisen and at the south-western part of the
ice cap. These moraines were probably deposited in the early Holocene, analogous to the
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Figure 2.11: Glacier length change at Rembesdalsskåka (1917–2007) and Midtdalsbreen (1961–2007).
The inset shows the Midtdalsbreen record with an enlarged vertical scale. Data provided by NVE, Oslo.

‘Erdalen Event’ (Sect. 1.2.2). To reconstruct ice cap variations between this early-Holocene
event and the LIA, scientists had to revert to alternative methods. Holocene ice cap reconstructions for Hardangerjøkulen were mainly based on information obtained from terrestrial
stratigraphic sections and lake sediments downstream from the ice cap (Nesje and Dahl, 1991;
Dahl and Nesje, 1994; Nesje et al., 1994). One of the sites used (Øvrefetene) received glacial
meltwater from Blåisen whenever the glacier had advanced beyond a local water divide, located 50–100 m from the present-day frontal position (Nesje and Dahl, 1991). When Blåisen
was smaller, peat accumulated at Øvrefetene. The other sites used were assumed to receive
glacial meltwater whenever Hardangerjøkulen was present in their catchment area. For the
analysis of the sections, it was assumed that a larger ice cap produces more meltwater and
sediment, which is also transported further downstream.
Holocene ice cap variations for the north-eastern part of Hardangerjøkulen were reconstructed from two terrestrial and two lacustrine proglacial sites and two samples of plant
macrofossils found on Midtdalsbreen and Blåisen (Nesje and Dahl, 1991; Dahl and Nesje,
1994, 1996). A schematic picture of the reconstructed fluctuations is shown in Fig. 1.8. The
oldest radiocarbon date obtained was from a plant macrofossil in the sediment core from
Lake Tungevatn, indicating that the area was deglaciated at least before 10,040 BP and presumably earlier. The oldest peat accumulated at Øvrefetene suggested that the glacier front
was behind the local water divide around 10,200 BP. The largest advance before the LIA occurred around 10,000 BP, depositing glaciofluvial sediments at Øvrefetene and the pre-Little
Ice Age moraines. Blåisen had retreated behind the local water divide by 9600 BP, followed
by another advance around 8300 BP, the so-called ‘Finse Event’ (Sect. 1.2.2). This event was
followed by a rapid retreat, glacial sediments were not found at any of the sites until 7300 BP,
suggesting that no glaciers were present in the catchment. A number of smaller and larger
glacier fluctuations occurred until 4000 BP, alternating with periods without any glaciers.
From 4000 BP until the present, Hardangerjøkulen existed continuously and probably had
grown to its present-day extent by 1000 BP.
The Holocene ice cap history for the south-western part of Hardangerjøkulen was reconstructed from a lake sediment core (Nesje et al., 1994), receiving glacial meltwater from a
relatively small drainage basin west of the outlet glacier Vestre Leirbotnskåka (Fig. 2.2). Because only one site was used, the reconstruction is less detailed than for the north-eastern
part of Hardangerjøkulen (Fig. 1.8). The south-western part of the ice cap disappeared from
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the catchment around 7000 BP, which was later than found for the north-eastern part. No
glacial meltwater reached the lake until approximately 4000 BP, when glaciers in this part of
the ice cap were re-initiated, simultaneous with the north-eastern section. Analogous to the
north-eastern part, glaciers existed in the south-western basin from the Neoglaciation until
the present.
The last major advance of Hardangerjøkulen occurred in the Little Ice Age, culminating
around the year 1750 and depositing distinct end moraines. Since then, Rembesdalsskåka
has retreated almost two kilometres (Elvehøy et al., 1997), while Midtdalsbreen retreated
approximately one kilometre (Andersen and Sollid, 1971).

2.3.3

Ice thickness

Ice thickness has been measured at various parts of Hardangerjøkulen, the locations usually
dictated by the means and purposes of the individual studies. Figure 2.12a shows an overview
map of the tracks used to estimate the ice thickness for the entire ice cap and the measured
ice thickness. The first measurements were performed in April 1963, when three short seismic reflection and refraction profiles were obtained in the upper part of Rembesdalsskåka
and the upper and lower part of Vestre Leirbotnskåka (Sellevold and Kloster, 1964). In 1965
and 1966, 39 holes were drilled in the lower part of Rembesdalsskåka with a hot water drill.
Because it was not verified whether the holes reached the bedrock, they only provide a minimum thickness. Comparison with later radar measurements indicated that ice thickness was
often underestimated (Elvehøy et al., 1997); these measurements were therefore rejected. In
March 1988, Y. Gjessing and H. Björnsson measured ice thickness along several profiles in
the accumulation area of Hardangerjøkulen. The data were included in the ice thickness interpolation, but had to be strongly modified to comply with later radar measurements in the
same area (K. Melvold, pers. comm.). The most detailed measurements were obtained in
spring 1995, when the ice thickness in the Midtdalsbreen catchment was determined along a
dense network of tracks as the subject of a Master’s thesis (Østen, 1998). In September 1996,
radar measurements were performed in the neighbourhood of the ice-dammed lake Demmevatn in the lower ablation area of Rembesdalsskåka, for use in a risk analysis of future
jökulhlaups from Demmevatn (Elvehøy et al., 1997). In 2001, 2002 and 2004, a number of
additional tracks were measured in the Midtdalsbreen catchment by K. Melvold, especially
in the upper part, to complement the earlier measurements by Østen (1998). In May 2005 and
March 2006, attempts were made to measure ice thickness in previously unmeasured areas on
Hardangerjøkulen. Due to instrumental problems no usable data were obtained, except for a
short track in the upper part of Blåisen. Fortunately, some of these areas were at least covered
by a single track measured by K. Melvold in February 2008, when a couple of hours were
spent on Hardangerjøkulen to test a new radar. The thickest ice was found in the central part
of Rembesdalsskåka, with a maximum ice thickness around 380 m. Ice thicknesses larger
than 300 m were also measured in the eastern and south-eastern drainage basins.
The ice thickness measurements have been obtained over a long time span, hence it is
questionable whether they can simply be combined to create a basis for an ice thickness
map of Hardangerjøkulen. However, the mass balance record (Sect. 2.2.1) and length change
measurements (Sect. 2.3.1) indicate that the ice cap was in a state close to balance in the
period 1963–2008, the period the measurements were made. Furthermore, the change in
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Figure 2.12: Ice thickness of Hardangerjøkulen, with (a) the measured values at the locations covered
by a suite of studies, described in the text and (b) the inter- and extrapolation of the measurements, the
contour interval is 20 m. Data provided by K. Melvold, NVE, Oslo.
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surface height between 1961 and 1995 was smaller than ±10 m w.e. for the major part of the
ice cap (Andreassen and Elvehøy, 2001), which is of the same order as the uncertainty in the
ice thickness measurements.
A combination of methods was used to estimate the ice thickness for the entire ice cap
(K. Melvold, pers. comm.). First, the ice thickness was set to zero outside the ice cap margins
and for nunataks. Measured ice thickness was interpolated in areas with dense measurements.
In sparsely covered areas, ice thickness (H) was estimated from the surface slope α, assuming
perfect plasticity:
H=

τ0
.
ρice g sinα

(2.1)

Here, τ0 is the yield stress, ρice ice density and g the gravitational acceleration. A yield
stress of 150–180 kPa was used, based on the detailed ice thickness measurements and known
surface slope on Midtdalsbreen. This rough estimate of the ice thickness was matched with
the available measurements to estimate the ice thickness in unmeasured areas. At ice divides
and ice ridges where the surface slope is small, the ice thickness given by Equation (2.1) was
too large. Here ice thickness was manually extrapolated from the measurements. Close to
the ice margins, manual extrapolation was also needed to obtain a smooth decrease in ice
thickness. The resulting ice thickness map (Fig. 2.12b) was combined with the 1995 DEM to
derive a bottom topography map serving as input for the ice-flow model (Ch. 6).

2.3.4

Ice velocity from continuous GPS records

In May 2005, eight GPS receivers (numbered GPS1 to GPS8) were placed on stakes drilled
into the snow/ice at Hardangerjøkulen. The GPS stakes (Fig. 2.4d) were approximately
positioned at the equilibrium-line altitudes of the eight main outlet glaciers of the ice cap
(Fig. 2.2), with the main purpose to determine similarities and differences between ice velocities in the drainage basins. In addition to these eight GPSs, one GPS (GPS9) was mounted
on the upper arm of the AWS on Midtdalsbreen (Fig. 2.4c) and another (GPS10) on a small
hill close to the front of Midtdalsbreen, where the camera was installed later (Sect. 2.2.2).
The variability in the measured position of the non-moving GPS10 provides information on
the accuracy of derived positions at the other, moving GPS locations. The GPS housing contains a GPS receiver, which determines and logs its position every hour, and a lithium battery
providing power for more than a year of continuous measurements.
On the return visit in March 2006, only five of the eight GPS stakes were found, the
others were probably bent by the wind or the gravitational pressure of the snowpack and
subsequently buried in the snowpack. Only one GPS record spanned the entire period, the
others had stopped in November or December due to a loose wire. At all eight locations, new
GPSs were installed, but none were found on the return visit in March 2007. The GPS on
Rembesdalsskåka had already been taken off by NVE during the mass balance measurements
in autumn 2006 because the stake was lying in a crevasse. In autumn 2007, three more GPSs
were retrieved by NVE.
The post-processing of the logged GPS positions was done as follows. The spread in the
data from GPS10 was used to determine the best period to check for outliers, the standard
deviation of the logged positions was used to select an appropriate period for data averaging.
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Table 2.1: Mean ice velocity and direction during individual measurement periods for the moving GPS
locations on Hardangerjøkulen. The direction of movement in degrees is with respect to the North,
where 0◦ is northward movement and 90◦ is eastward movement.
GPS number
1
2
2
3
4
6
6
7
8
9
9
9

Begin
14 May 2005
15 May 2005
26 Mar 2006
26 Mar 2006
26 Mar 2006
13 May 2005
26 Mar 2006
14 May 2005
14 May 2005
15 May 2005
28 Aug 2005
28 Mar 2007

End
18 Mar 2006
23 Oct 2005
28 Dec 2006
23 Nov 2006
03 Oct 2006
11 Nov 2005
23 Sep 2006
03 Dec 2005
09 Nov 2005
14 Jul 2005
19 Jun 2006
14 Sep 2007

Velocity (m a−1 )
33.1
18.9
21.2
7.1
6.2
46.3
46.4
6.6
8.5
34.6
19.6
21.6

Direction (◦ )
52.8
33.4
32.6
12.3
108.4
269.7
272.9
250.8
223.8
24.0
20.9
23.0

Direction
NE
NE
NE
NNE
ESE
W
W
WSW
SW
NNE
NNE
NNE

2

The variability in the position of GPS10 was generally of similar magnitude and direction as
short-term variations at the other GPSs. Hence, the positions recorded by the base GPS10
can be used to increase the accuracy of the other GPS measurements. Such a correction was
not included in the current analysis, because it was not (yet) incorporated in the processing
software. Outliers in the records were removed by calculating the standard deviation of the
logged positions for every period of 72 hours (3 days). When the standard deviation changed
more than 0.1 m after moving one data point forward or backward, the added data point was
marked as outlier and removed. The data was inspected backward and forward in an iterative
manner until no irregularities were found anymore.
For each GPS, the displacement curve was investigated to identify sudden changes in the
location of the stake, which for instance occur when the stake becomes bent. The collapse of
the AWS on Midtdalsbreen in July 2005 (Sect. 2.1.2) was also clearly visible in the record.
Such periods were excluded from further analysis. A moving average of 120 hours (5 days)
was applied to the hourly measurements of latitude and longitude, then the displacement in
meters between two subsequent points was calculated. Displacements were converted to velocities and then again averaged over a 120-hour period. The calculated mean velocities of
the GPS stakes during each individual measurement period are given in Table 2.1. At GPS 3,
4, 7 and 8 the mean velocity is of comparable magnitude to the standard deviation, it is therefore difficult to separate the real signal from noise for these records. At the other locations,
the calculated direction of movement corresponds well to the flow direction expected from
the surface slope (Fig. 2.2). Furthermore, the flow velocities inferred at single stake locations
are similar for different years, provided that the measurement periods roughly include the
same seasons. Of all stakes, the stake on Rembesdalsskåka (GPS6) moved fastest, which can
be expected because Rembesdalsskåka is the largest outlet glacier of Hardangerjøkulen.
The ice velocity records at the four fastest moving locations show considerable temporal variations, sometimes occurring simultaneously at all outlet glaciers. However, similar
fluctuations of comparable magnitude were also present in the record from the non-moving
GPS10. Before the ice velocity variations at the GPS sites can be compared, a more thorough
47

2. The ice cap Hardangerjøkulen

analysis is needed to reduce the noise in the records. This is outside the scope of this thesis,
but may be pursued in the future.
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Surface energy balance in the ablation zone
of Midtdalsbreen
We present a record of almost six years of data (2000–2006) from an automatic weather station (AWS)
in the ablation zone of Midtdalsbreen, a glacier in southern Norway. Measured incoming longwave
radiation is used to estimate cloudiness, revealing that high cloud fractions occur almost 50% of the
time in all seasons. Measured wind speeds and humidity are higher for cloudy conditions, especially
in winter. Net solar radiation dominates the surface energy balance in summer, contributing on average
75% of the melt energy. The turbulent fluxes supply 35% of the melt energy while net longwave
radiation and the subsurface heat flux are energy sinks of 8% and 2%, respectively. Although the
melt rate is generally larger under clear skies, almost 60% of the melt occurs under cloudy skies, a
consequence of the prevailing cloudy conditions. Interannual variability in the total melt is found to be
equally determined by variations in the date of ice reappearance and differences in the meteorological
conditions during melt. Comparing the results for Midtdalsbreen with measurements from an AWS on
Morteratschgletscher, Switzerland reveals that the larger ice ablation on Morteratschgletscher primarily
results from an earlier start of the melt season and larger net solar radiation. The energy balance model
used in this study is found to be more sensitive to changes in the stability correction than to an orderof-magnitude change in the roughness length for momentum.

This chapter has been published as: Giesen, R. H., M. R. van den Broeke, J. Oerlemans, and L. M. Andreassen
(2008). Surface energy balance in the ablation zone of Midtdalsbreen, a glacier in southern Norway: Interannual
variability and the effect of clouds. J. Geophys. Res., 113 (D21111), doi:10.1029/2008JD010390.
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3.1

3

Introduction

Glaciers in southern Norway experience different climatic fluctuations than glaciers in the
European Alps. For example, glacier mass balances in southern Norway were positive in
the late 1980s and early 1990s, whereas glaciers in the European Alps had strongly negative
mass balances during this period (Reichert et al., 2001). This difference can be attributed
to a strong positive phase of the North Atlantic Oscillation (NAO) in these years, resulting
in enhanced westerly flow and increased precipitation in Scandinavia, while the moisture
transport towards the Alps was reduced (Hurrell, 1995). In response to the mass surplus,
many glaciers in southern Norway advanced in the 1990s (Andreassen et al., 2005). The
advance came to a halt around the turn of the century, currently almost all these glaciers are
retreating (Kjøllmoen et al., 2007).
To estimate the response of glaciers to a change in climatic variables, models are needed.
An essential part in such models is a realistic description of the interaction between atmospheric fluxes and the glacier surface. Such information can be obtained from glaciometeorological studies, which have been performed on glaciers spread over the world (e.g.,
Ishikawa et al., 1992; Wagnon et al., 1999; Oerlemans, 2000; Mölg and Hardy, 2004; Konya
et al., 2004; Klok et al., 2005) and have given insight in the variability in the absolute values of the energy fluxes and their relative importance in the surface energy balance (Willis
et al., 2002; Hock, 2005). In the 1950s and 1960s, several detailed glacio-meteorological
experiments were conducted on glaciers in southern Norway (Liestøl, 1967; Klemsdal, 1970;
Messel, 1971). These studies have provided important information about the processes governing melt on these glaciers, but interpretation of the results is limited by the short and
different measurement periods on the glaciers, the lack of longwave radiation measurements
and the simplified treatment of the turbulent fluxes. In the following decades, both the experimental and computational facilities greatly improved. Several extensive studies were carried
out on Alpine glaciers, allowing for a detailed analysis of spatial and temporal variability in
meteorological variables and the surface energy fluxes on these glaciers (e.g., Greuell et al.,
1997; Oerlemans and Klok, 2002; Strasser et al., 2004). On Norwegian glaciers, no such
measurements were done until the early 21st century, when two automatic weather stations
(AWSs) were installed on the glaciers Storbreen and Midtdalsbreen in southern Norway. The
record from Storbreen was analysed by Andreassen et al. (2008), the measurements from the
AWS on Midtdalsbreen form the basis for this paper.
The AWS data cover the period October 2000 to September 2006 and include all standard meteorological variables and the radiation fluxes. Apart from a 39-day data gap in the
summer of 2005, the record is continuous. The remaining surface energy fluxes are calculated with an energy balance model (Van den Broeke et al., 2005). The aim of this paper is
to provide insight into the seasonal and interannual variability in meteorological variables,
surface energy fluxes and ablation at the AWS site on Midtdalsbreen. Because cloudy conditions prevail on this glacier, we investigate the differences in meteorological variables and
the surface energy fluxes under clear and overcast skies. To identify differences between the
climate on a Norwegian and an Alpine glacier, the results for Midtdalsbreen are compared
to measurements from an AWS on Morteratschgletscher, Switzerland. The uncertainty in the
model results is determined by investigating the sensitivity of the energy balance model to
changes in the roughness length for momentum and the stability correction.
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Figure 3.1: Location and map of Midtdalsbreen in southern Norway. The map shows the locations of
the IMAU AWSs on Midtdalsbreen (M) and the summit of Hardangerjøkulen (H). The AWS Finsevatn
(F) is operated by the Norwegian Meteorological Institute. The coordinate system is UTM zone 32
(EUREF89). The map is created from a 1995 digital elevation model by Statens Kartverk, the contour
interval is 25 m.

3.2

Setting and AWS description

Midtdalsbreen (60◦ 34’N, 7◦ 28’E) is a north-easterly outlet glacier of Hardangerjøkulen, an
ice cap on the north-western border of the Hardangervidda plateau in southern Norway. At
approximately 100 km from the Atlantic Ocean, the glacier is situated in the transitional zone
between the maritime climate near the coast and the more continental climate further east.
The glacier covers an elevation range from 1380 to 1865 m a.s.l. and has an area of 6.7 km2
(Fig. 3.1). Length change measurements were started at Midtdalsbreen in 1982 (Andreassen
et al., 2005); the net retreat measured until 2006 was 25 m (Kjøllmoen et al., 2007). Annual
mass balance has been measured in 2000 (+1.3 m w.e.) and 2001 (–0.6 m w.e.) (Kjøllmoen
et al., 2001, 2003). A long record of annual winter and summer mass balance is available
for Rembesdalsskåka, a south-westerly outlet glacier of Hardangerjøkulen. For the period
1963–2006, the mean net mass balance is +0.08 m water equivalent (w.e.), with a mean winter balance of +2.08 m w.e. and a mean summer balance of –2.00 m w.e. (Kjøllmoen et al.,
2007). For the six years in our AWS record, the mean net balance on Rembesdalsskåka was
–0.72 m w.e., a result of both a lower mean winter balance (+1.72 m w.e.) and more ablation
(–2.45 m w.e.). Although the summer and winter balances at Rembesdalsskåka and Midtdalsbreen are not directly related due to the different orientations of the glaciers, these numbers
indicate that the 6-year meteorological record presented here will not likely represent the climatic mean over the past decades but is associated with a warmer climate with less snow and
more melt.
The AWS (M in Fig. 3.1) is situated in the ablation zone of Midtdalsbreen, at an altitude
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Table 3.1: Specifications for the AWS instruments.
Measured quantity

Sample interval
(minutes)
5

Instrument

Measurement range

Accuracy

Vaisala HMP45C

–39.2 to +60◦ C

Relative humidity

5

Vaisala HMP45C

0.8 to 100%

Air pressure

30

Vaisala PTB101B

600 to 1060 hPa

Wind speed
Wind direction
Solar radiation
Longwave radiation
Surface height

5
5
5
5
30

Young 05103
Young 05103
Kipp&Zonen CNR1
Kipp&Zonen CNR1
Campbell SR50

1 to 60 m s−1
360◦
0 to 2000 W m−2
–250 to +250 W m−2
0.5 to 10 m

0.2◦ C (at +20◦ C)
0.5◦ C (at –39.2◦ C)
2% (0 to 90%)
3% (90 to 100%)
0.5 hPa (at +20◦ C)
2.0 hPa
(at –20 to +45◦ C)
0.3 m s−1
3◦
10% for daily sums
10% for daily sums
0.01 m or 0.4%

Air temperature

3

of 1450 m a.s.l., about 400 m from the glacier terminus. At the AWS location, the surface
slope is approximately 7◦ with a north-east aspect. The AWS was installed in October 2000
and is operated by the Institute for Marine and Atmospheric research Utrecht (IMAU). The
mast carrying the instruments stands freely on the ice surface. Sensor specifications are listed
in Table 3.1. Air temperature, relative humidity, wind speed and wind direction are measured
at two levels. Temperature and humidity sensors are mounted on the arms at 2.4 and 5.7 m
above the ice surface, the measurement level of the wind speed and wind direction sensors
is 0.35 m higher. In addition, the upper arm carries a radiation sensor, measuring the four
components of the radiation balance (incoming and reflected solar radiation, incoming and
outgoing longwave radiation), and a sonic ranger, measuring the distance to the surface. A
second sonic ranger is mounted on a tripod, which is drilled into the ice, giving information
on both snow accumulation and snow/ice melt. The sonic ranger located in the mast takes
over when the other sensor is buried by snow. Readings at ablation stakes around the AWS
are used as a reference for the sonic ranger measurements and enable continuation of the
surface height record when data from the height sensors is missing. Air pressure is recorded
inside the box containing the electronics. Sample time varies per sensor (Table 3.1), every 30
minutes (average) values are stored in a data logger (Campbell CR10X). Power is supplied
by lithium batteries, a solar panel generates energy to ventilate the temperature sensors.
From May to November 2005, a second IMAU-AWS was operational on the summit of
Hardangerjøkulen (1860 m a.s.l., H in Fig. 3.1). This AWS measured the same quantities as
the AWS on Midtdalsbreen, but at hourly intervals. Data from this AWS were used to fill the
gap in the AWS record from Midtdalsbreen (Sect. 3.3.6).

3.3

Data treatment

3.3.1

Air temperature

At times when the solar panel was below the snow surface or malfunctioned for other reasons,
the temperature sensors were not aspirated and the measurements had to be corrected for
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radiation errors. We applied expressions derived from simultaneous measurements with the
Vaisala HMP45C and a fine-wire thermocouple at one of the IMAU AWS-sites on Greenland
(Smeets, 2006). These expressions give the excess temperature as a function of wind speed
and the sum of incoming and reflected solar radiation.

3.3.2

Humidity

The humidity sensor measures relative humidity with respect to water. These values are too
low at air temperatures below the melting point temperature, where relative humidity should
be measured with respect to ice. Relative humidities measured under freezing conditions
have been corrected by multiplying by the ratio of the saturated water vapour pressures over
water and over ice, using an expression by Curry and Webster (1999). Specific humidity has
been calculated from relative humidity, air temperature and air pressure.

3.3.3

Surface height

The sonic ranger uses the speed of sound at 0◦ C to determine the distance from the travel
time of an ultrasonic sound pulse. At other air temperatures, the measured distance has
to be corrected by multiplying by the ratio of the actual speed of sound and the speed of
sound at 0◦ C. Because the temperature profile of the air between the sensor and the surface
is not accurately known, we use air temperature measured at the upper mast level as a rough
estimate.

3.3.4

Cloudiness

Cloudiness (n) is not measured directly and was determined following an approach similar to
Van den Broeke et al. (2006). Polynomials were fitted through the 5th and 95th percentiles of
incoming longwave radiation, binned into air temperature intervals of 1 K. Van den Broeke
et al. (2006) use net longwave radiation and take 0 W m−2 as the upper boundary condition
for all temperatures. This is applicable to Antarctic data, but on a melting glacier surface
the net longwave radiation is often positive in summer. We obtained a good fit for the upper
boundary by applying the Stefan-Boltzmann law with the observed air temperature and unit
emissivity. For the lower boundary, a second order polynomial fit the data well. The two
polynomials are assumed to represent the minimum and maximum incoming longwave radiation at a given temperature, corresponding to cloudiness values of 0 and 1, respectively. By
assuming that cloudiness increases linearly between these minimum and maximum values,
the cloud fraction for each half-hourly interval could be calculated from the measurements of
air temperature and incoming longwave radiation.
To investigate the variation in atmospheric quantities and energy fluxes for different cloud
conditions, we created subsets of the data for clear-sky and overcast conditions. Van den
Broeke et al. (2006) defined clear-sky conditions to occur when cloudiness values were
smaller than 0.3 and overcast conditions were defined as cloudiness values larger than 0.7.
Our large dataset allowed us to choose the values 0.2 and 0.8, making the difference between the clear-sky and overcast subsets even more distinct. With this definition, 24% of the
measurements fell in the clear-sky regime and 44% in the overcast regime.
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3.3.5

3

Shortwave radiation

The tilt of the mast varies as a result of forces exerted by the snowpack and differential
melting of the ice surface. The envelope of measured half-hourly solar radiation showed noticeable differences between the years and in some periods exceeded the maximum possible
irradiance, hence a tilt correction was necessary. The radiation sensor contains a tilt sensor,
but this sensor did not function properly. Still, the variation of the tilt with time could be
estimated by combining the tilt values obtained from the tilt sensor with tilt angles measured
during maintenance visits. Due to the large uncertainty in these estimates, tilting of the sensor
increases the uncertainty in the shortwave incoming radiation measurements. A maximum
tilt of several degrees in southerly directions is often seen in late spring, when the steel cables
that stabilize the mast experience a larger pressure from the snowpack on the up-glacier than
on the down-glacier side of the mast. As the tilt only affects direct incoming solar radiation,
values are especially overestimated on clear-sky days. In contrast to the other years, the mast
was tilted towards the north in 2003 and the tilt was larger (4 to 8 degrees), resulting in an
underestimation of incoming solar radiation. Before a correction could be applied, the fraction of direct solar radiation to the total incoming solar radiation had to be determined. We
assumed a linear relation between the fraction of direct solar radiation ( fdir ) and cloudiness
fdir = TR Tg (1 − n) ,

(3.1)

with TR Tg a transmission coefficient for Rayleigh scattering and absorption by gases after
Meyers and Dale (1983). This coefficient depends on the solar zenith angle and air pressure
and makes fdir dependent on the optical depth of the atmosphere. For the Midtdalsbreen data,
TR Tg is 0.86 on average, with a maximum of 0.95. Subsequently, for each 30-minute interval,
standard expressions are used to compute the amount of solar radiation incident on a horizontal surface and on a surface with the observed tilt (e.g., Iqbal, 1983, chapter 4). The direct
part of the measured incoming shortwave radiation is corrected for the tilt by multiplying by
the ratio of these calculated solar irradiance values. In case the AWS site is shaded by surrounding topography, only diffuse radiation reaches the sensor and no correction is applied.
After the tilt correction, we have incoming solar radiation on a horizontal surface, i.e. global
radiation. In relative numbers, the correction is largest in winter, when the solar zenith angle
is large. The largest absolute corrections occur in spring and summer, when insolation is
maximum. For more than 90% of the days with a correction applied, the correction affects
daily mean incoming solar radiation by values ranging between –10 and +10 W m−2 . Only in
2003 and the spring of 2005, when the mast was tilted due north and south, respectively, corrections are larger, occasionally exceeding ±20 W m−2 . Even though this correction is based
on estimated tilt values, it removes most of the inhomogeneity in incoming solar radiation
between the different years.
Half-hourly values of net shortwave radiation were calculated from reflected solar radiation, using the accumulated albedo method (Van den Broeke et al., 2004). This method
removes the effects of a poor cosine response of the radiation sensor at low sun angles on the
daily cycle of incoming solar radiation. As we only use daily mean values in this analysis,
the effect of this correction is not noticeable.
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3.3.6

Data gaps

On 18 July 2005 the mast fell down due to the opening of a crevasse under the AWS, resulting in 39 days without usable data. Measurements from the AWS at the summit of Hardangerjøkulen (Fig. 3.1) were used to fill the gap of the AWS on Midtdalsbreen for variables that
were well correlated between the two stations. The mean difference in air temperature at the
two locations for the period when both stations were operational was added to the air temperature record of the summit station to obtain values for the AWS on Midtdalsbreen. For wind
speed we used the ratio of the summed wind speeds at the two AWSs. Incoming shortwave
radiation was used without adjustments. For the major part of the gap period, the surface at
the lower station was snow-free and is expected to be melting. Hence, we used the mean ice
albedo from the other years (0.31) to calculate the reflected shortwave radiation and set the
emitted longwave radiation to that of a melting surface. Values for relative humidity could
not be taken from the summit AWS. At the higher altitude the air was frequently saturated and
did not give adequate information to derive humidity values for the lower location. Because
of problems with the sensor, the incoming longwave radiation measurements at the upper
AWS were unrealistic. For these two variables, we used measurements from an IMAU-AWS
(1570 m a.s.l.) on Storbreen, which is located 120 km from Midtdalsbreen (Andreassen et al.,
2008). Data from this AWS generally display simultaneous and similar fluctuations as the
data from Midtdalsbreen, which will be discussed in more detail in a subsequent paper. Daily
mean values of incoming longwave radiation for Storbreen and Midtdalsbreen, measured for
the period 18 July to 25 August in 2002, 2003 and 2006, have a correlation coefficient r of
0.75. The record from Storbreen contains a gap in the summer of 2004, therefore this year
was excluded. Averaged over the three periods, values are 6 W m−2 lower on Midtdalsbreen
with a standard deviation σ for daily averages of 15 W m−2 . Daily mean relative and specific
humidity on the two glaciers are correlated with r = 0.76 and r = 0.81, respectively. Relative
humidity values are 0.4% lower on Midtdalsbreen (σ = 6.7% for daily values), while specific humidity is 0.19 g kg−1 higher (σ = 0.51 g kg−1 for daily values). We used half-hourly
relative humidity from Storbreen without adjustments, then specific humidity calculated for
Midtdalsbreen is on average 0.15 g kg−1 higher than specific humidity calculated for Storbreen due to higher air temperatures on Midtdalsbreen. For incoming longwave radiation we
shifted the Storbreen record by the mean difference between the two AWSs. Alternatively,
the gap could be filled with synthetic data produced by using information from the other
years in the Midtdalsbreen AWS record. The advantages of using measurements from another AWS are that anomalies with respect to the other years in the record are preserved and
realistic inter-daily fluctuations are incorporated. Although the relative humidity and incoming longwave radiation records from Storbreen and Midtdalsbreen are not highly correlated
and differences between the locations need to be dealt with, correlations would be even lower
if the other years in the Midtdalsbreen record were used to fill the gap. Nevertheless, results
obtained for this period should be interpreted with care.
The sensors at the lower measurement level were buried by snow in two out of the six
winters. The sonic ranger on the tripod was also buried in the snowpack during several
winter seasons and melted out at the end of several summer periods. Furthermore, sonic
ranger data are missing for shorter periods during the remainder of the year. Small gaps
in the surface height record were filled by linear interpolation between values at the start
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and end of the gap; for larger gaps in the melt season we used melt values calculated from
the surface energy balance (see Sect. 3.4), combined with stake readings. On 1 February
2001 the sonic ranger on the tripod was buried by snow, while the snowpack was not thick
enough to be detected by the sonic ranger in the mast until 4 March. This gap was filled
by using precipitation measured at Liset (748 m a.s.l.), a Norwegian Meteorological Institute
(NMI) precipitation station located 20 km south-west of the AWS site on Midtdalsbreen.
We multiplied the cumulative precipitation record from Liset for the gap period by the ratio
of the observed snow depth difference between the begin and end date of the gap and the
total precipitation measured at Liset during this period. Air temperature at the AWS site on
Midtdalsbreen was always below 0◦ C during the gap period, hence all recorded precipitation
was assumed to fall as snow. Although this method is simple, it produces a more realistic
temporal record of accumulation than linear interpolation between the snow depth values
surrounding the gap.

3.4

Surface energy balance

The energy balance at the glacier surface can be written as:
Q = Sin + Sout + Lin + Lout + Hsen + Hlat + G
= Snet + Lnet + Hsen + Hlat + G,

(3.2)
(3.3)

where Q is melt energy (Q = 0 if the surface temperature is below the melting point), Sin
and Sout are incoming and reflected solar radiation, Lin and Lout are incoming and outgoing
longwave radiation, Hsen and Hlat are the sensible and latent heat fluxes and G is the subsurface heat flux. Net solar radiation and net longwave radiation are written as Snet and Lnet . All
fluxes are defined positive when directed towards the surface. Heat supplied by rain is neglected, which is justified on glaciers with a considerable mass turnover (Oerlemans, 2001).
Penetration of shortwave radiation is not included either. Compared to the other fluxes its
contribution to the energy balance is expected to be small.

3.4.1

Model description

We have used an energy balance model previously applied to AWS measurements on Antarctica (Van den Broeke et al., 2005, 2006). The model determines the surface energy balance
in Equation (3.2) for a skin layer without heat capacity. Sin , Sout and Lin are taken from the
(corrected) measurements, the other fluxes are written as functions of the surface temperature
Ts . The model time-step is 10 minutes to keep changes in Ts between time-steps small and to
determine accurately when the surface is melting. To obtain model input for every time-step,
the AWS data are linearly interpolated between half-hourly values. Using an iterative procedure, the surface energy balance is solved for Ts . If Ts found by the model is higher than the
melting point temperature, Ts is set back to 0◦ C and the excess energy is used for melting.
The amount of melt M in meters water equivalent (m w.e.) is calculated by dividing Q by the
latent heat of fusion (3.34 · 105 J kg−1 ) and the density of water (1000 kg m−3 ).
The turbulent fluxes are calculated with the bulk method, based on differences in wind
speed v, potential temperature θ and specific humidity q between a measurement level and
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the surface. To illustrate the principle of the bulk method and for reference in later sections,
the sensible heat flux equations are given below. The latent heat flux equations and details of
the model procedure can be found in Van den Broeke et al. (2006). The sensible heat flux is
given by
= ρc p u∗ θ∗ ,

Hsen

(3.4)

with ρ the air density and c p the specific heat capacity of dry air at constant pressure. The
turbulent scales of velocity u∗ and potential temperature θ∗ are computed from (e.g., Garratt,
1999):
u∗

=

θ∗

=

κ [v(zv ) − v(z0v )]
ln (zv /z0v ) − Ψm (zv /LMO )
κ [θ (zT ) − θ (z0T )]
,
ln (zT /z0T ) − Ψh (zT /LMO )

(3.5)
(3.6)

where κ is the Von Kármán constant (0.4) and zv and zT are the measurement levels of wind
speed and temperature, respectively. Ψm and Ψh are the vertically integrated stability correction functions for momentum and heat, respectively. They are functions of the MoninObukhov length scale LMO . Values for the roughness length for momentum z0v were derived
from wind speed differences between the AWS upper and lower measurement levels. The
criterion |z/LMO | < 0.1 was used to select near-neutral atmospheric conditions, where LMO
was estimated by running the model with z0v = 2 mm. This criterion largely reduced the set
of z0v values for the summer season when the air is generally stably stratified. Strong smoothing of the z0v values revealed an annual cycle with minimum values in mid-winter increasing
towards maximum values in summer. As the shape and magnitude of the annual cycle vary
largely from year to year, it was not possible to fit a function through the data. Instead, constant values for snow and ice surfaces were determined by the median values of the natural
logarithm of z0v , giving z0v,s = 0.13 mm for snow surfaces (10890 points) and z0v,i = 0.75 mm
for ice surfaces (491 points). The number of points for ice surfaces is low, but the points are
distributed over the season and including more points in the dataset did not change the value
for z0v,i notably. In Section 3.7.1 we investigate the sensitivity of the model results to the
values for z0v,s and z0v,i . The roughness lengths for heat z0T and moisture z0q are calculated
according to Andreas (1987).
On glaciers, katabatic winds often have a wind speed maximum within the first meters
above the surface. Assumptions made in Monin-Obukhov similarity theory, on which the
bulk method is based, are not valid in the presence of a wind speed maximum. Still, the bulk
method has been found to give good results when the measurement level is below the wind
speed maximum (Denby and Greuell, 2000). This argument favours the use of measurements
made at the lower arm. However, the lower sensors were buried in the snowpack during several winters and had other problems, while the record from the upper sensors is continuous,
except for the data gap in 2005. Therefore, we use the measurements from the upper level. In
combination with the wind speed from the upper measurement level, the stability correction
in the model tends to cause an underestimation of the turbulent fluxes under conditions with
low wind speeds. Hence, based on a comparison with measurements from the lower level,
we limit the flux reduction by the stability correction under stable conditions to one third.
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Subsurface heat conduction is computed from the one-dimensional heat-transfer equation
for 0.04 m thick layers down to a depth of 20 m. The temperature at the lowest level is assumed to remain stable. The initial temperature profile is generated by running the model in
a continuous loop over the measurement period until the 20 m temperature becomes stable
within 0.01◦ C. We found a lower boundary ice temperature of –1.35◦ C, which is close to the
mean annual air temperature. The number of snow layers in the model is determined by dividing the observed snow depth by the model layer thickness. Meltwater is routed vertically
through the snowpack and refreezes where snow temperatures are below the melting point.
When the snowpack is saturated with meltwater, the remaining meltwater is assumed to run
off. Snow density is needed to determine the maximum water content, the amount of refreezing and snow conductivity. Snow density profiles have only been measured occasionally in
spring, but the model results show little sensitivity to the exact values used. Hence, we use a
constant snow density of 500 kg m−3 , based on measurements in snowpits around the AWS.
The model does not keep track of the changing depth of the snowpack, the record from the
sonic ranger is used instead. When the snow has disappeared, input from the height sensor
is not needed anymore and model and measurements are independent. For this snow-free
period, the melt M computed by the model can be compared with the surface lowering registered by the sonic ranger and the ablation stakes by dividing M by 0.9, the ratio of the ice
and water densities used here.

3.4.2

Model performance

Comparison of modelled and observed surface temperatures (calculated from measured Lout ,
assuming a surface with unit emissivity) gives an indication of the model performance. The
averaged difference between modelled and observed surface temperatures ∆Ts is +0.02◦ C,
with a root-mean-square error (RMSE) of 1.2◦ C. Given the uncertainties in both the measurements and the energy balance model, this is a good result. Surface temperatures are
mainly overestimated on clear-sky winter days and occasional winter days with positive net
longwave radiation, possibly due to riming of the incoming longwave radiation sensor. The
difference between modelled and measured ice melt (stakes) is +0.4 m ice over the entire six
year period. With a total measured ice melt of 24.0 m ice, this is a small difference (<2%).
Comparison with the sonic ranger record shows that the model tends to overestimate ice melt
when summer snowfalls occurred. As it is difficult to estimate the amount of snow mass
added to the surface at such an event, no mass is added in the model while it is included in the
measurements. Figure 3.2 displays measured and modelled ice melt for the summer of 2004,
the only summer with a complete sonic ranger record. The good match between modelled
and measured surface melt indicates that all relevant processes are included in the model.

3.5

General climate conditions

In this section, we present an overview of the annual mean values (1 January–31 December)
and interannual variability of the measured climate variables (Table 3.2) and describe a selection of the data in more detail. As the records from the sensors at the lower level show several
data gaps, measurements from the upper measurement level were used for the analysis. The
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Figure 3.2: Daily mean values of the surface height measured by the sonic ranger for the summer of
2004 and ice melt calculated with the energy balance model.

Table 3.2: Annual (1 January–31 December) mean values of climate variables. The year 2006 has not
been included, as the data were only available until September 2006.

Air temperature (◦ C)
Relative humidity (%)
Specific humidity (g kg−1 )
Wind speed (m s−1 )
Air pressure (hPa)
Cloud fraction
Sky transmissivity
Surface albedo

2001
–2.2
83.4
3.41
6.3
846.5
0.60
0.49
0.66

2002
–1.4
82.1
3.54
6.4
848.0
0.62
0.49
0.67

2003
–0.7
78.8
3.51
6.5
849.2
0.58
0.49
0.68

2004
–1.3
83.3
3.56
7.0
846.9
0.62
0.48
0.71

2005
–1.4
84.2
3.60
6.8
848.8
0.61
0.49
0.68

mean
–1.4
82.4
3.52
6.6
847.9
0.61
0.49
0.68

data were not corrected for the changing measurement height when snow was present as the
corrections would generally be small.

3.5.1

Incoming solar radiation and cloudiness

The upper panel in Fig. 3.3 shows the marked seasonal cycle in daily mean incoming solar
radiation. Cloudiness causes the large inter-daily fluctuations. The envelope of the measured
radiation is asymmetric with respect to the annual cycle of incoming solar radiation at the
top of the atmosphere, suggesting that clouds are more frequent or thicker in late summer
and fall than in spring and early summer. The seasonal variation in the occurrence of clearsky and overcast conditions (Fig. 3.4) indeed shows a larger fraction of clear-sky conditions
in spring and more cloudy days in autumn. Multiple reflection between the snow surface
and the surrounding slopes may also increase incoming solar radiation in spring. During
approximately two months centered around the winter solstice, the AWS site does not receive
any direct sunlight, as the sun is obscured by surrounding topography.
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Figure 3.3: Daily mean values of incoming shortwave radiation, air temperature, relative humidity and
wind speed at the upper measurement level (grey lines) for the period 2 October 2000 to 7 September
2006. The black lines are moving averages over 31 days. The dashed line in the upper panel is incoming
solar radiation at the top of the atmosphere.
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Figure 3.4: Monthly occurrence of clear-sky (n < 0.2) and overcast (n > 0.8) conditions.

3.5.2

Air temperature and humidity

The annual mean air temperature is –1.4◦ C (Table 3.2), with an annual range of typically
15◦ C. Both the winter of 2000–2001 and the following summer were clearly colder than
the other years in the record, with minimum daily mean temperatures as low as –25◦ C in
February 2001 (Fig. 3.3). The summers of 2002 and 2006 were the warmest in the record
with mean June–August temperatures of 6.8 and 7.3◦ C, respectively. The seasonal cycle
of air temperature is larger for clear-sky than for overcast conditions (Fig. 3.5). In winter,
air temperatures under clear and overcast skies are comparable; from May to September
temperatures are higher on clear-sky days when net radiation is larger. Under overcast skies,
the difference between air and surface temperature is small, except in summer, when the
surface temperature is restricted by the melting point. For clear-sky conditions, the difference
between air and surface temperature is also large in winter, when incoming solar radiation is
small and the surface is cooled by negative net longwave radiation.
The air on Midtdalsbreen is humid, with daily mean relative humidities larger than 80%
for more than 70% of the time (Fig. 3.3). Daily mean relative humidity seldomly drops below
50% in summer when free atmosphere air is cooled near the cold glacier surface, increasing
relative humidity. Periods with drier air occur from October to May and are most frequent
from February to April. The seasonal cycle of specific humidity follows air temperature
(Fig. 3.5). In summer, specific humidity is comparable under clear and overcast skies, while
in winter, overcast skies are associated with more humid conditions.

3.5.3

Wind speed and wind direction

Daily mean wind speeds higher than 10 m s−1 are not exceptional on Midtdalsbreen (Fig. 3.3).
In autumn and winter, when storms frequently come in from the Atlantic Ocean, wind speeds
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Figure 3.5: Monthly average values of air and surface temperature (Ta and Ts in ◦ C), wind speed (v in
m s−1 ) and specific humidity (q in g kg−1 ) for (a) clear-sky and (b) overcast conditions. Ts calculated
with the energy balance model is shown here.

are considerably larger than in summer. Compared to the other five winters, the winter 2004–
2005 was exceptionally windy, with monthly mean wind speeds of 10.4 m s−1 in December
2004 and 10.0 m s−1 in January 2005. Daily mean wind speeds are less variable in the summer
season and are typically 5–6 m s−1 . Throughout the year, wind speeds are highest under
overcast conditions (Fig. 3.5).
Figure 3.6 shows the distribution of wind directions for clear-sky and overcast conditions.
Remarkable differences can be seen between the two panels. Under overcast skies, westerly
and south-easterly winds prevail. These wind directions are also the single two wind directions observed at the NMI automatic weather station Finsevatn (1210 m a.s.l., F in Fig. 3.1).
Finsevatn is located in the middle of the valley Finsedalen, Midtdalsbreen is situated on the
southern valley wall. Finsedalen has a west–east orientation west of Finsevatn, changing to
a north-west–south-east orientation east of Finsevatn. The topography likely channels the
large-scale winds, resulting in either westerly or south-easterly wind directions. Westerly
winds are most common, especially for higher wind speeds. A third dominant wind direction
is found for clear-sky conditions and wind speeds below 5 m s−1 , blowing down-slope along
the glacier’s length axis. This glacier wind, or katabatic wind, is induced by the turbulent
cooling of air above the colder glacier surface.

3.5.4

Surface height

Daily mean values of the surface height at the AWS site are shown in Fig. 3.7. By showing
the period 1 October to 30 September, approximately one accumulation and one ablation
season are captured for each individual year. In three of the six years, some ice melted in
October before the snowpack started to build up. With almost no melt episodes in winter
and an occasional snowfall event during summer, every year can nearly be separated into a
pure accumulation and ablation phase. The months April, May, September and October are
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Figure 3.6: Distribution of wind direction for (a) clear-sky and (b) overcast conditions. The overall
curve is shown together with a subdivision into wind speed intervals.

transitional months between the two phases, when both snowfall and melt occur. The timing
and amount of solid precipitation in winter differs greatly from year to year. The maximum
snow depth, a little over 3 m, was recorded in April 2005. The surface became snow-free
at dates between 10 June (in 2002) and 17 July (in 2005). Figure 3.7 illustrates that the
large variability in the date of snow disappearance is primarily related to the amount of snow
received in winter, the meteorological conditions in spring are of secondary importance. The
total amount of ice melted in a year has a wide range, from 3 m in 2001 and 2005 to almost
6 m in 2002.

3.6
3.6.1

Surface energy fluxes
Seasonal cycle

Figure 3.8 shows the seasonal cycle of the surface energy balance for clear-sky and overcast
conditions. Snet increases steadily from January to its maximum in July, a combined effect of
increasing top of the atmosphere irradiation and a decreasing snow albedo. The maximum is
not found at the summer solstice in June, as the ice surface with a significantly lower albedo
than snow does not appear before July in most years. Snet decreases rapidly after August;
snowfall events in September and October increase the surface albedo. Lnet is maximum in
July and August, when temperatures are highest. Under overcast skies, Lnet is positive in
summer and slightly negative during the rest of the year. For clear-sky conditions, Lnet is
always negative. The turbulent fluxes have a maximum in summer, when the surface temperature is limited to the melting point and the temperature difference between the air and
the surface is large. For clear-sky conditions, Hsen has a second maximum in winter. The
reason is that in summer, Snet compensates for the negative Lnet , while in winter Snet is small
and Hsen and G transport heat towards the cooling surface. Hlat is always larger for overcast
conditions than under clear skies, because of more humid and windier conditions associated
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Figure 3.7: Daily mean surface height for the entire record, divided into periods from 1 October (previous year) to 30 September. Solid lines are measurements by the sonic ranger, the dashed lines are
reconstructed accumulation (from precipitation measured at precipitation station Liset) and melt (calculated with the energy balance model).

with cloudy skies (Fig. 3.5). The main melt season is from May to October. Although all
fluxes are positive or near zero under overcast skies, the energy available for melt is generally
higher for clear-sky conditions. This can be attributed to the large difference in Snet between
clear-sky and overcast conditions. From May to September, the difference in Snet between
clear and overcast skies is larger than the difference in Lnet . A contrasting situation applies
during the remainder of the year when, due to a high surface albedo, the reduction in Snet for
cloudy compared to clear-sky conditions is smaller than the gain in Lnet ; an example of the
albedo paradox (Ambach, 1974).

3.6.2

Interannual variability

The glacier surface is melting (Q > 0) for 33 to 37% of the year, with an average melt energy
of 151 W m−2 (Table 3.3). The sum of all half-hourly periods with melt (Σtmelt ) was largest
in 2002 and smallest in 2003. Sin is the major source of energy for surface melt, while
Lout is the major energy sink. Hsen supplies more than twice as much energy as Hlat , this is
mainly because Hlat is often negative in spring. The subsurface heat flux is small compared
to the other fluxes. Comparison of the average energy fluxes during melt in different years
is complicated by the fact that the numbers depend on the distribution of the half-hourly
periods with melt over the melt season. For example, in 2003 the mean melt energy was
much larger than in 2005, but the amount of melt is very similar, because the sum of all melt
periods is smaller for 2003. To facilitate the comparison of the energy fluxes for different
years, we normalized the mean fluxes by multiplying each flux by Σtmelt for that year and
dividing by the average Σtmelt over all the years. These normalized fluxes show that surface
melt was largest in 2002 and smallest in 2001 (Fig. 3.9). This was already shown in Fig. 3.7
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Figure 3.8: Monthly average values of the surface energy fluxes for (a) clear-sky and (b) overcast
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Figure 3.9: Normalized average surface energy fluxes for the periods with melt in each individual year.
For normalization, the mean of all half-hourly values with melt in a particular year was multiplied by
the sum of all periods with melt in that year and divided by the average sum of periods with melt over
all years.

for ice melt; in Fig. 3.9 snow melt is also included. Due to less winter accumulation on
Midtdalsbreen in 2002, the snow disappeared early this year. The lower ice albedo increased
Snet , while high air temperatures resulted in larger turbulent fluxes. In 2001, the low melt rate
was a combined result of relatively low Sin , as well as low air temperatures and wind speeds.
The interannual variability in the melt energy is determined by a combination of variations in Snet and variations in the turbulent fluxes, which have comparable magnitudes. The
variability in Snet again depends on variations in both Sin and Sout , while interannual variations in the turbulent fluxes are determined by variability in both air temperatures and wind
speeds. Lin , and hence Lnet , show little variation over the five melt periods. As Lin increases
with increasing air temperatures and cloudiness, and high air temperatures in summer are
often associated with clear skies and vice versa, the variability in Lin is reduced.
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3.6.3

3

Relative contribution to the melt energy

Net solar radiation contributes on average 75% of the melt energy, the turbulent fluxes together account for 35%, while net longwave radiation and the subsurface heat flux are energy
sinks of 8% and 2%, respectively (Table 3.4). The percentage of the total melt energy supplied
by net solar radiation was largest in 2004 and smallest in 2005. In 2004, sunny conditions
persisted for more than a week around the end of May, the period with almost the maximum
amount of Sin , resulting in above-average values for Snet . On the other hand, below or around
average air temperatures, humidity and wind speeds lead to relatively small turbulent fluxes.
In 2005, total accumulation was high and the snowpack disappeared later than in the other
years. Combined with relatively low Sin due to cloudy weather, Snet was smaller than on average, while high wind speeds lead to above-average turbulent fluxes. Compared to the other
fluxes, the contribution by Lnet is very similar for the different years.
Many glacio-meteorological studies report the relative contributions of net (shortwave
and longwave) radiation and turbulent fluxes to surface melt. At the AWS site on Midtdalsbreen, net radiation supplies on average 67% of the melt energy, while the turbulent fluxes
account for 35%, the subsurface heat flux is a small energy sink of 2%. Our value for the
contribution of net radiation lies in between average values for continental glaciers (77%)
and maritime glaciers (50%) reported by Willis et al. (2002). It is comparable to values on
Peyto Glacier, Canada (65%, Munro, 1990) and on Storglaciären, Sweden (66%, Hock and
Holmgren, 1996).
Looking at clear-sky conditions only, the contribution of Snet to surface melt is about 35%
larger than for all-sky conditions (Table 3.4). Under clear skies, Lnet is a large energy sink
which cannot be compensated for by the turbulent fluxes alone, hence the contribution by
Snet is larger than 100%. In 2001 and 2002 the contribution of Snet to melt under clear skies
deviated largely from the average over the total period. In 2001, almost all clear-sky periods
with melt occurred in spring, when the relative contribution of the turbulent fluxes to melt is
small. On the other hand, August 2002 was unusually sunny, but in this month the relative
importance of the turbulent fluxes is larger than in spring, resulting in a lower contribution by
Snet . For overcast conditions, Snet is less dominant and contributes on average only slightly
more to surface melt than the turbulent fluxes. The contribution by Lnet is positive under overcast skies. For clear-sky days, Snet and Lnet together are approximately 10% more important
for melt than on average, while their contribution is 10% smaller for overcast skies. These
differences between clear and overcast skies are almost entirely resulting from the large absolute differences in Snet and Lnet ; the average values for the turbulent fluxes are comparable.
However, on overcast days, Hlat supplies a larger part of the total energy from the turbulent
fluxes than on clear-sky days, because the air is more humid. Averaged over the five complete
years, net radiation during melt is a factor of two larger for clear skies compared to overcast
skies. Even though the melt rate is considerably larger for clear-sky conditions, almost 60%
of the total ablation occurs under cloudy conditions, where cloudy is defined as n > 0.5. This
percentage ranges from 55% in 2002 to 71% in 2005.
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Table 3.3: Sum of all half-hourly periods with melt Σtmelt (days) and mean values of the surface energy
fluxes (W m−2 ) for the periods with melt in each individual year.

3.7
3.7.1

Σtmelt

2001
130

2002
137

2003
121

2004
122

2005
136

mean
129

Q
Sin
Sout
Lin
Lout
Hsen
Hlat
G

133
236
–132
304
–316
31
13
–2

165
244
–122
303
–316
41
17
–2

162
242
–125
304
–316
40
18
–2

150
257
–139
303
–316
34
12
–2

144
234
–130
304
–316
38
18
–3

151
242
–129
304
–316
37
15
–2

3

Discussion
Model sensitivity to variations in z0v and the stability correction

The turbulent fluxes play a significant role in the surface energy balance, but also have a large
uncertainty, as they need to be calculated from other quantities. In literature, many different
methods have been employed to calculate the turbulent fluxes, mainly depending on the measurements available. As stable stratification is common over melting glaciers, turbulence is
expected to be reduced and stability corrections should be applied. However, Konzelmann
and Braithwaite (1995) and Hock and Holmgren (1996) found that the measured surface melt
was underestimated when stability corrections were included in the calculation of the turbulent fluxes. For this and other reasons, stability corrections have been neglected in several
energy balance studies on glaciers (Hock and Holmgren, 1996; Oerlemans and Klok, 2002;
Konya et al., 2004). Another uncertainty is associated with the specification of roughness
lengths, as these are both temporally and spatially highly variable (Brock et al., 2006). Often,
the available measurements are not sufficient to determine estimates of the roughness lengths.
In several studies, values for the roughness lengths are therefore taken from published studies
(e.g., Klok et al., 2005; Arnold et al., 2006) or used as tuning parameters to match measured
melt or sublimation (Wagnon et al., 1999; Oerlemans and Klok, 2002; Hock and Holmgren,
2005). Previous studies showed that when the roughness lengths for momentum, heat and
moisture are assumed to be the same, an order-of-magnitude increase in these roughness
lengths leads to a doubling of the turbulent fluxes (Munro, 1989; Braithwaite, 1995). Similarly, in a study where only z0v was increased by an order of magnitude, a 25% error in the
turbulent fluxes was reported (Denby and Greuell, 2000). Munro (1989) noticed that this error becomes smaller when z0T is not prescribed, but calculated following Andreas (1987). In
Andreas’ model, an increase in z0v results in a decrease in z0T , which partly compensates for
the change in z0v . Klok et al. (2005) applied this model and found an increase in the turbulent
fluxes of 19% for a tenfold increase in z0v , while omitting the stability functions lead to a
much larger increase (43%). Our energy balance model is similar to their model, the main
difference is that in our model Ts is calculated and not taken from measurements. In line with
these previous studies, we determined the sensitivity of our energy balance model to the value
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Table 3.4: The contribution of the surface energy fluxes to surface melt (%) for all-sky, clear-sky and
overcast conditions for the periods with melt in each individual year. Percentages have been rounded to
the nearest integer, therefore their sum is not always exactly 100%.
2001

2002

2003

2004

2005

mean

78
–9
23
9
–2

74
–8
25
10
–1

73
–7
24
11
–1

79
–9
23
8
–1

72
–8
26
12
–2

75
–8
24
10
–2

Clear-sky
Snet
Lnet
Hsen
Hlat
G

127
–40
15
0
–1

98
–30
27
6
–1

106
–27
20
4
–2

106
–30
22
2
–1

121
–41
22
1
–3

109
–32
21
3
–2

Overcast
Snet
Lnet
Hsen
Hlat
G

50
10
28
15
–2

50
11
26
15
–2

43
10
29
18
–1

52
9
26
14
–1

47
8
29
18
–2

48
10
28
16
–2

All-sky
Snet
Lnet
Hsen
Hlat
G

3

of z0v and the stability correction applied.
The values for z0v for ice and snow were varied separately by two orders of magnitude
within the ranges most commonly observed on glaciers (Brock et al., 2006). The roughness
length is expected to fluctuate within this range. Hence, the runs with very high and low
values of z0v give extreme values that will not likely be attained. We determined the effect of
a varying z0v by using one single value for z0v for snow and ice surfaces, so z0v,i = z0v,s = z0v .
We report the sensitivity with respect to the reference value z0v = 1 mm instead of values
used in this study, to provide more general results for comparison with other models. The
effect of a separate roughness length for snow was investigated by keeping z0v,i constant at
the reference value while z0v,s was varied. The entire measurement period was included in
the calculations; results are listed in Table 3.5. Model results for the z0v values used in this
study are also reported to allow for a comparison with the reference value.
Taking z0v = 1 mm as the reference case, we see that an increase (decrease) in z0v of one
order of magnitude results in a 11% increase (16% decrease) in the mean turbulent fluxes and
an increased (decreased) ice melt of 5% (7%). Using a separate value for z0v over snow has
little effect on the surface melt, since the majority of the melt occurs when the surface is ice.
Variation of z0v has more impact on the turbulent fluxes for ice surfaces, while over snow the
variation in ∆Ts is larger between the different runs. These results can be explained by the
model design. Given a value for z0v , the model determines in every time-step the set of values
for Ts , z0T , z0q and LMO which, by the associated values for Lout , G and the turbulent fluxes,
results in a closure of the energy balance. When the optimal value for Ts is higher than the
melting point temperature, Ts is set back to 0◦ C and the excess energy is used for melting. For
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a melting surface, Lout and G have determined values and only the turbulent fluxes and the
melt energy are variable. The ice surface is often at the melting point temperature while the
temperature of the snow surface can generally vary over a wider range. Hence, changing z0v
for an ice surface mainly affects the turbulent fluxes and the melt energy, for a snow surface
Lout and G will also change and the relative change in the turbulent fluxes and the melt energy
will be smaller. The model used here is less sensitive to the choice of z0v than models used
in several other studies (Braithwaite, 1995; Hock and Holmgren, 1996; Brock et al., 2006),
because a change in z0v does not directly lead to a change in turbulent fluxes and melt, but to
a different solution of the energy balance which generally damps the effect. By solving the
energy balance, the effect of small errors in measurements and model parameters is reduced
and the time evolution of the surface energy fluxes is consistent. However, when the errors
are larger due to measurement problems or an incorrect representation of the surface energy
balance, the model may still be able to obtain values for the energy fluxes, but the residual in
the energy balance will be larger and ∆Ts will increase.
In this study we use separate, but constant values for z0v,i and z0v,s . In reality, these
values will vary on hourly to seasonal time scales. Assuming that values for z0v fluctuate
within the ranges presented in Table 3.5, the errors in individual values of the turbulent fluxes
are estimated to be 20%. The numbers reported in Tables 3.3 and 3.4 represent melting
conditions, when the sensitivity of the turbulent fluxes to z0v is largest. Recalculating the
numbers in Table 3.3 using z0v,i = z0v,s = 5 mm, which we regard as an upper limit for z0v
on Midtdalsbreen, the mean value of the turbulent fluxes increases by 9 W m−2 (18%). A
9 W m−2 increase in the turbulent fluxes is also found for clear-sky and overcast conditions
separately, with the difference that Hsen is mainly affected for clear skies (+8 W m−2 ), while
for overcast skies the increase in Hsen is only 2 W m−2 larger than the increase in Hlat . The
larger turbulent fluxes result in a 4% increase in their contribution to melt (Table 3.4), a
similar decrease in the contribution by Snet and less than 1% change in the other fluxes. These
numbers also apply to clear-sky and overcast conditions separately, although for clear skies
the contribution by Hsen changes by 4%, for overcast skies the contributions by Hsen and Hlat
both change by 2%.
Furthermore, we investigated the effect of the stability correction by running the model
without applying a stability correction and with the full (not limited) stability correction.
The results reveal that neglecting atmospheric stability corrections or using the full stability
correction for stable cases, has a larger impact on the turbulent fluxes and surface melt than
an order-of-magnitude change in the value of z0v (Table 3.5). This is contrary to the findings
of Braithwaite (1995) who found a larger effect for changes in z0v . In that study, equal
values were chosen for the roughness lengths of momentum and heat, which explains the
large sensitivity to a change in z0v . The values found here for ice surfaces are of the same
magnitude as the values found by Klok et al. (2005), which is not surprising considering
the similarity of the models used. Omitting the stability corrections does not significantly
deteriorate the model performance, although the overall value for ∆Ts is larger. On the other
hand, using the full stability correction leads to a systematic underestimation of Ts and a
larger RMSE (1.5◦ C, not shown).
From these results, it is difficult to say whether applying a stability correction is necessary. If the correction is omitted, the amount of ice melt increases by 10%, lessening the
agreement with the melt measured at the ablation stakes. Omitting the stability correction
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Table 3.5: Sensitivity of the mean turbulent fluxes ∆(Hsen + Hlat ), total surface melt ∆M and modelled
surface temperature (expressed as the mean deviation ∆Ts from the observed surface temperature) to the
values of z0v,i , z0v,s and stability corrections. Except for ∆Ts , relative changes are given with respect to
the reference value z0v,i = z0v,s = 1.0 mm. Average values have been determined over the entire period
(all), periods with an ice surface (ice) and periods with snow cover (snow).

3

all
–0.00
+0.09
+0.11
+0.16
+0.18

∆Ts (◦ C)
ice
–0.13
–0.11
–0.10
–0.09
–0.08

snow
+0.05
+0.16
+0.19
+0.26
+0.28

–10.5
–7.3
–5.5
–1.5

–0.13
–0.03
+0.01
+0.11

–0.10
–0.10
–0.10
–0.10

–0.15
–0.01
+0.05
+0.16

–0.8

–4.8

+0.02

–0.10

+0.07

+9.7
+9.9

+10.7
+10.8

+7.1
+7.3

+0.26
+0.18

–0.06
–0.06

+0.38
+0.27

–5.5
–5.8

–6.5
–6.8

–3.0
–3.3

–0.14
–0.24

–0.18
–0.18

–0.12
–0.27

z0v (mm)
ice
snow
0.1
0.1
0.5
0.5
1.0
1.0
5.0
5.0
10.0 10.0

∆(Hsen + Hlat ) (%)
all
ice snow
–15.7 –19.0 –11.4
–4.1
–4.9
–2.9
0.0
0.0
0.0
+7.9
+9.7
+5.6
+11.2 +13.8
+7.9

all
–7.1
–1.9
0.0
+3.7
+5.3

1.0
1.0
1.0
1.0

0.01
0.05
0.1
0.5

–10.2
–6.6
–4.9
–1.3

0.0
0.0
0.0
0.0

–23.3
–15.0
–11.2
–2.9

–3.0
–2.1
–1.6
–0.4

0.0
0.0
0.0
0.0

0.75

0.13

–5.4

–2.0

–9.7

–2.0

+26.1
+26.7

+13.6
+15.1

–16.4
–17.2

–11.8
–13.7

No stability correction
1.0
1.0
+20.6
0.75 0.13
+21.9
Full stability correction
1.0
1.0
–14.4
0.75 0.13
–15.8

∆M (%)
ice snow
–7.8
–5.5
–2.0
–1.5
0.0
0.0
+4.0
+3.1
+5.7
+4.3

for overcast conditions induces changes in the turbulent fluxes during melt comparable to
changing z0v to 5 mm. For clear-sky conditions the effect on the turbulent fluxes is larger
(+17 W m−2 ), as the air is generally stably stratified under clear skies. Applying the full
stability correction hardly changes the fluxes under overcast skies, for clear-sky conditions
the turbulent fluxes decrease by 14 W m−2 . For clear skies, the contribution of the turbulent
fluxes to melt (Table 3.4) increases (decreases) by 8% (7%) when the stability correction is
omitted (not limited). For overcast skies, the respective contributions only change by +4%
and –2%. Interestingly, changing z0v or the stability correction significantly affects the values
reported for the turbulent fluxes in Tables 3.3 and 3.4, but the absolute value of Lin (and hence
Lnet ) does not change by more than 1 W m−2 and the contribution to melt varies less than 1%
for all cloud conditions.
The results indicate that one should be careful with stability corrections when the turbulent fluxes are calculated from measurements made at a level above the wind speed maximum.
We can conclude that when using this type of model, the errors introduced by the uncertainty
in the turbulent fluxes are of the same order of magnitude as uncertainties in the radiation
measurements and other model parameters, for example the value assumed for the ice density. Therefore, when attempting to further improve the model, all these factors need to be
addressed.
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3.7.2

Interannual variability in the total melt

The interannual variability in the total melt is a combined result of changes in surface properties, which are largest at the moment the snow cover disappears, and variations in meteorological conditions. To estimate the separate effects of these two processes on the total
annual melt, we performed additional model runs with prescribed albedo and snow depth
series. When snow is present, the snow depth is set to 1 m. On a given date, snow depth is
set to zero and the albedo is switched from snow to ice albedo. Hence, the moment of ice
appearance is controlled and not determined by the meteorological conditions. To remove
the effect of small variations in albedo that could complicate the comparison, we used two
constant albedo values representing snow and ice conditions. Together with measured Sin ,
these values prescribe Snet in the model. Albedo values of 0.70 for melting snow and 0.31 for
ice produce annual melt values less than 0.2 m w.e. larger than the melt calculated with the
measured albedo series, except in 2002 where the melt is overestimated by 0.4 m w.e. The
differences originate when a constant albedo is not a good approximation, for example during
summer snowfall events. Nevertheless, the resemblance is good enough for this analysis.
The model was run with five different albedo series: always ice (albedo=0.31), always
snow (albedo=0.70), snow disappears on 11 June as in 2002 (the earliest date), snow disappears on 18 July as in 2005 (the latest date) and snow disappears on the observed date.
The modelled melt for these five runs is shown in Fig. 3.10. Melt is defined as the amount
of water produced at the surface, still including the water that later possibly refreezes in the
snowpack. For the hypothetical all-year ice surface, total melt is almost twice as large as
for an all-year snow cover. This result demonstrates the dominating influence of the albedo
on melt. In May and June, melt is most sensitive to albedo changes, in both months melt
increases by approximately 0.8 m w.e. when the surface is ice instead of snow (not shown).
Varying the date of snow disappearance by 37 days according to the spread in the observations induces a mean change in melt of 0.9 m w.e. with little variability between the years.
The four simulations with identical albedo series for all years demonstrate the influence of
the meteorological conditions during the melt season on interannual variability, amounting to
a maximum difference in melt between 2001 and 2002 of 0.8 m w.e. We see that even when
the albedo effect of the thin snowpack is removed, 2002 still has the largest amount of melt,
a result of the high summer temperatures (Fig. 3.3). The simulations also show that the melt
in 2002 and 2005 would have been comparable when the snow cover had disappeared around
the same time, provided that the meteorological conditions for the data gap in 2005 have been
simulated adequately. Even with the albedo effect removed, 2001 remains the year with the
minimum total melt. We can conclude that for these five years, the interannual variability in
total melt induced by meteorological conditions during the melt season is of the same magnitude as the albedo effect of an early or late disappearance of the snowpack. Under identical
meteorological conditions, the date of ice appearance depends solely on the total winter accumulation. The experiment shows that variations in winter mass balance at the AWS location
not only affect the net mass balance directly, but also have a significant effect on the total
melt, and hence net mass balance, via a positive albedo feedback mechanism. Unfortunately,
this finding cannot simply be generalized to other years or other locations, which may have
different variability in snow accumulation and meteorological conditions.
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Figure 3.10: Modelled annual melt for five albedo series, where the snow albedo is 0.70 and the ice
albedo 0.31. The labels refer to runs with always ice, always snow, snow disappearance on 11 June,
snow disappearance on 18 July and snow disappearance on the observed date.

3.7.3

Comparison with Morteratschgletscher

In this section, we compare the seasonal cycles of meteorological variables and surface energy
fluxes on Midtdalsbreen with measurements from an IMAU-AWS (2100 m a.s.l.) on Morteratschgletscher, Switzerland (Oerlemans and Klok, 2002). This comparison of two isolated
records from two different regions should not be regarded as a comparison of the climates
in the European Alps and Norway. Irrespective of the question of representability, the two
glaciers differ in many aspects: Morteratschgletscher is situated at a lower latitude, in a drier
environment and is surrounded by higher mountains than Midtdalsbreen. The comparison
of two long AWS records from these locations gives insight in differences in meteorological
variables and the surface energy balance originating from the characteristics of the glaciers
and their environment.
The two AWSs have a similar design, except that on Morteratschgletscher the measurement level is at 3.5 m above the ice surface. This dataset spans the period 8 July 1998 to
14 May 2007. We selected a subset of the data corresponding to the period used for Midtdalsbreen (2 October 2000 to 7 September 2006) and applied the same energy balance model
(Sect. 3.4.1) to the data. Only the initial subsurface temperature profile and the snow density (300 kg m−3 ) were changed. The method to derive cloudiness described in Section 3.3.4
did not give robust results for Morteratschgletscher, cloud fractions tended to be overestimated in summer due to higher minimum values for Lin in this season. Although a detailed
cloud analysis could not be done in this case, the mean cloud fraction calculated for Morteratschgletscher (0.47) is considerably lower than on Midtdalsbreen (0.61, Table 3.2). At the
AWS site on Morteratschgletscher the maximum snow depth ranges between 0.3 and 2 m, the
surface already becomes snow-free in May. During the period considered here, the measured
ice ablation amounts to 40.8 m, almost twice as much as on Midtdalsbreen (24.0 m).
The seasonal cycles of meteorological variables on the two glaciers (Figs. 3.11a and
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3.11b) show clear differences. Throughout the year, air temperatures are higher at the AWS
site on Morteratschgletscher, despite the 650 m higher altitude of this station. The temperature difference is largest in spring and autumn, probably because the seasonal cycle in solar
irradiance is larger on Midtdalsbreen and the snow cover disappears later. In winter, surface
temperatures are much lower on Morteratschgletscher due to more frequent clear-sky conditions, values are more comparable to surface temperatures on Midtdalsbreen under clear
skies (Fig. 3.5a). Wind speeds are higher on Midtdalsbreen, especially in winter. The wind
climate on Midtdalsbreen is dominated by the large-scale circulation (Sect. 3.5.3), while katabatic winds prevail on Morteratschgletscher (Oerlemans and Grisogono, 2002). The absolute
values and the seasonal cycles of specific humidity are very similar on the two glaciers,
although relative humidity values are much lower on Morteratschgletscher (annual mean
64.9%). Hence, climatic conditions on Midtdalsbreen are generally colder, cloudier, more
humid and windier than on Morteratschgletscher.
The seasonal cycles of the surface energy fluxes (Figs. 3.11c and 3.11d) show that the
melt season starts earlier on Morteratschgletscher. The melt energy already reaches a maximum in June, while on Midtdalsbreen the melt energy is maximum in July. From July to
September, absolute values for the melt energy are comparable at the two AWS locations.
However, the relative contribution of the surface energy fluxes to the melt energy is different
for the two glaciers. Snet is larger and more dominant on Morteratschgletscher, due to an
earlier disappearance of the snowpack and a lower ice albedo. From May to July, Sin is larger
on Midtdalsbreen, even though the incoming solar radiation at the top of the atmosphere is
smaller and the cloud fraction is larger. At the AWS location on Morteratschgletscher, Sin
is significantly reduced because of shading by the surrounding topography (Klok and Oerlemans, 2002), but multiple reflection of solar radiation by the snow cover may also contribute
to a higher Sin on Midtdalsbreen. Despite the lower air temperatures, Lnet is more positive on
Midtdalsbreen throughout the year; a result of the frequent clouds on Midtdalsbreen which
increase Lin . The seasonal cycle of Hsen is comparable at the two locations; the effect of
lower air temperatures on Midtdalsbreen is compensated by the higher wind speeds. In June,
Hsen is considerably larger on Morteratschgletscher due to the higher air temperatures. Hlat is
more negative in spring and more positive in summer on Midtdalsbreen. As the annual cycle
in specific humidity is comparable at the two locations, this is also a result of the windier
conditions on Midtdalsbreen.
The number of half-hourly periods with melt is similar at the two AWS sites (35% of the
year for Midtdalsbreen and 36% for Morteratschgletscher), but the mean melt energy during
these periods is 36% larger on Morteratschgletscher (202 W m−2 ). The mean value of Snet
during melt is 68 W m−2 (60%) larger on Morteratschgletscher and contributes on average
90% of the melt energy. The differences between the other fluxes are smaller; mean values
for Lnet and Hlat during melt are 11 W m−2 and 7 W m−2 smaller than on Midtdalsbreen, Hsen
is 5 W m−2 larger. Hence, the larger ablation on Morteratschgletscher primarily results from
an earlier start of the melt season, a thinner snowpack and a lower ice albedo.
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Figure 3.11: Monthly average values of air and surface temperature (Ta and Ts in ◦ C), wind speed (v
in m s−1 ) and specific humidity (q in g kg−1 ) for (a) Midtdalsbreen and (b) Morteratschgletscher. Ts
calculated with the energy balance model is shown here. Monthly average values of the surface energy
fluxes for (c) Midtdalsbreen and (d) Morteratschgletscher.
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3.8

Conclusions

We analysed a 6-year meteorological record from Midtdalsbreen to determine the seasonal
and interannual variation of meteorological quantities and the surface energy and mass balance. Subsets for clear-sky and overcast conditions were created to study the effect of clouds
on the surface energy balance. Cloudy conditions are found to prevail in all seasons with
generally higher wind speeds and humidity values than during clear-sky conditions.
Due to the pronounced annual cycle of incoming solar radiation at the glacier’s latitude,
the surface energy balance shows a large seasonal cycle. Between September and May, net
radiation under overcast skies is larger than for clear-sky conditions. From the beginning
of May until the end of September, surface melt is likely to occur. The winter snowpack
disappears around the beginning of July, the exact timing varies by more than a month and
is related to the maximum snow depth. The annual ice ablation ranges from 3 m in 2001
and 2005 to almost 6 m in 2002. Surface melt is dominated by net solar radiation. On average, it contributes 75% of the total melt energy, net longwave radiation contributes negatively
(−8%). The remaining 33% is accounted for by the turbulent fluxes (35%) and the subsurface
heat flux (–2%). For clear-sky conditions, the contribution by net radiation is approximately
10% larger, while for overcast skies, net radiation is about 10% less important than on average. The average melt rate is larger under clear skies, but due to the frequent occurrence
of cloudy conditions, almost 60% of the melt occurs under cloudy skies. The albedo effect
induced by variable snow disappearance dates affects the interannual variability by the same
magnitude as varying meteorological conditions during the melt season. Varying meteorological conditions mainly have an effect on net solar radiation and the turbulent fluxes; net
longwave radiation shows little variability. In winter, all energy fluxes are close to zero for
overcast conditions, while for clear skies the negative net longwave radiation is balanced by
the sensible heat flux and the subsurface heat flux.
The results for Midtdalsbreen were compared with measurements from an AWS on
Morteratschgletscher, Switzerland. Climatic conditions on Midtdalsbreen are generally
colder, cloudier, more humid and windier than on Morteratschgletscher. The earlier start
of the melt season, the thinner snowpack and the lower ice albedo on Morteratschgletscher
result in almost twice as much ice ablation as on Midtdalsbreen, primarily a result of larger
net solar radiation.
The energy balance model was found to be more sensitive to the way stability corrections are applied than to an order-of-magnitude change in the surface roughness length for
momentum. Compared to other studies, the model we use is less sensitive to the value of the
surface roughness length for momentum. This is due to the model design, the model closes
the energy balance by varying the surface temperature and the roughness lengths for heat and
moisture. In this way, small errors in the model parameters and the measurements will not
result in very different solutions for the turbulent fluxes and the melt energy.
Acknowledgements. We are grateful to the IMAU technicians, in particular Wim Boot, for the
dedicated maintenance of the AWS and to several colleagues for their assistance in the field. The
Norwegian Meteorological Institute is thanked for access to and use of their meteorological database
eKlima.
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4

Comparison of the surface energy balance at
Midtdalsbreen and Storbreen
We compare 5 years of meteorological records from automatic weather stations (AWSs) on Storbreen
and Midtdalsbreen, two glaciers in southern Norway, located approximately 120 km apart. The records
are obtained from identical AWSs with an altitude difference of 120 m and cover the period September
2001 to September 2006. Air temperature at the AWS locations is found to be highly correlated, even
with the seasonal cycle removed. The most striking difference between the two sites is the difference
in wind climate. Midtdalsbreen is much more under influence of the large-scale circulation with wind
speeds on average a factor 1.75 higher. On Storbreen, weaker katabatic winds are dominant. The main
melt season is from May to September at both locations. During the melt season, incoming and net
solar radiation are larger on Midtdalsbreen, whereas incoming and net longwave radiation are larger
on Storbreen, primarily caused by thicker clouds on the latter. The turbulent fluxes are a factor 1.7
larger on Midtdalsbreen, mainly due to the higher wind speeds. Inter-daily fluctuations in the surface
energy fluxes are very similar at the AWS sites. On average, melt energy is a factor 1.3 larger on
Midtdalsbreen, a result of both larger net radiation and larger turbulent fluxes. The relative contribution
of net radiation to surface melt is larger on Storbreen (76%) than on Midtdalsbreen (66%). As winter
snow depth at the two locations is comparable in most years, the larger amount of melt energy results in
an earlier disappearance of the snowpack on Midtdalsbreen and 70% more ice melt than on Storbreen.
We compare the relative and absolute values of the energy fluxes on Storbreen and Midtdalsbreen with
reported values for glaciers at similar latitudes. Furthermore, a comparison is made with meteorological
variables measured at two nearby weather stations, showing that on-site measurements are essential for
an accurate calculation of the surface energy balance and melt rate.

This chapter has been published as: Giesen, R. H., L. M. Andreassen, M. R. van den Broeke and J. Oerlemans
(2009). Comparison of the meteorology and surface energy balance at Storbreen and Midtdalsbreen, two glaciers in
southern Norway. The Cryosphere, 3, 57–74.
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Figure 4.1: Annual mean air temperature, precipitation and maximum snow amount in southern Norway over the normal period 1971–2000. Note the non-linear scale. The maps are downloaded from
seNorge.no, an initiative of the Norwegian Meteorological Institute, the Norwegian Water Resources
and Energy Directorate and the Norwegian Mapping Authority. The locations of Storbreen (S), Midtdalsbreen (M), Ålfotbreen (A) and Gråsubreen (G) are indicated on each map.

4.1

Introduction

The climate in southern Norway shows a strong precipitation gradient from west to east, with
a maritime climate at the western coast and a more continental climate east of the main watershed, located less than 150 km from the coast (Fig. 4.1; Green and Harding, 1980). The
glaciers of southern Norway are found in the areas with the largest annual snow amount;
areas characterized by a combination of low temperatures due to topography and sufficient
precipitation (Figs. 4.1 and 4.2). The annual mass balance turnover (the summed absolute
values of the area-averaged winter and summer balance divided by two) on glaciers in southern Norway reflects the precipitation gradient, ranging from 3.7 m water equivalent (w.e.) at
Ålfotbreen near the coast to 0.92 m w.e. on Gråsubreen in eastern Jotunheimen, further inland.
On Ålfotbreen, interannual fluctuations in the net mass balance are primarily determined by
variations in the winter balance, while summer-balance variations dominate interannual variability at the more continental glaciers (Andreassen et al., 2005).
Climate maps reveal large-scale patterns in meteorological variables, giving a first indication where conditions are favourable for glaciers. At smaller spatial scales, large deviations from these numbers occur due to differences in the altitude and terrain exposure.
Accumulation and ablation on glaciers are not only related to the local air temperature and
winter precipitation, but are also influenced by other variables and factors, for example wind
speed, cloudiness and surface properties. Therefore, detailed knowledge of the relation be-
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Figure 4.2: Glaciers in southern Norway (in blue) and the location of Storbreen and Midtdalsbreen. The
source for this map is the Statens Kartverk 1:250 000 map series and includes perennial snow fields.

tween meteorological quantities and the mass and energy exchange at the glacier surface can
only be obtained from meteorological studies on glaciers. Between 1954 and 1981, glaciometeorological experiments have been carried out on a number of glaciers in southern Norway (e.g., Liestøl, 1967; Klemsdal, 1970; Messel, 1971). The combined results from these
studies reveal that the relative importance of radiative fluxes compared to turbulent fluxes
for surface melt increases from glaciers near the coast to the glaciers further inland (Messel,
1985). However, a detailed comparison could not be made as the studies were conducted in
different years and for different periods during the summer season.
In this paper, we compare meteorological records from two identical AWSs on Midtdalsbreen and Storbreen, two glaciers in southern Norway, 120 km apart (Fig. 4.2). Both
glaciers are located in the transitional zone between the maritime climate at the coast and
the more continental inland climate. We use meteorological data collected over 5 years, from
September 2001 until September 2006. The AWS data sets comprise all quantities needed to
determine the atmospheric energy fluxes, including the four radiation fluxes. Apart from a
19-day data gap in the summer of 2004 for Storbreen and a 39-day gap in the Midtdalsbreen
record for the summer of 2005, the records are continuous. Analyses of the time series have
shed light on the local meteorology and the surface energy and mass balance at the AWS
sites (Ch. 3; Andreassen et al., 2008). Here, we analyse similarities and differences between
meteorological variables measured on the two glaciers and discuss their influence on the sur79
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Table 4.1: The main characteristics of Storbreen and Midtdalsbreen and the AWS sites on the two
glaciers. Values are derived from a digital terrain model (DTM) for Storbreen from 1997 (Andreassen, 1999) and a DTM for Hardangerjøkulen from 1995 derived from the 25 m resolution digital terrain model (DTM25) of Norway by the Norwegian mapping authorities (Statens Kartverk,
http://www.statkart.no).
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Storbreen

Midtdalsbreen

General characteristics
Latitude (◦ N)
Longitude (◦ E)
Area (km2 )
Lowest altitude (m a.s.l.)
Highest altitude (m a.s.l.)

61.60
8.13
5.4
1390
2090

60.57
7.47
6.7
1380
1865

AWS location
Altitude (m a.s.l.)
Distance from the snout (m)
Surface slope (◦ )
Surface aspect

1570
900
6
NE

1450
400
7
NE

face energy balance. In line with previous studies we compare the relative contribution of the
surface energy fluxes to melt. The absolute and relative values of the surface energy fluxes
are compared with values found for glaciers at similar latitudes, for which we provide a summary which complements earlier overviews (e.g., Ohmura, 2001; Willis et al., 2002; Hock,
2005). To investigate whether similarities and differences found for meteorological variables
on Storbreen and Midtdalsbreen are also observed outside the glacier boundary-layer, we
compare our data with records from two nearby weather stations.

4.2

Setting and AWS description

Storbreen and Midtdalsbreen are located in southern Norway, 120 km apart (Figs. 4.2
and 4.3). Storbreen is a valley glacier in the western part of the Jotunheimen mountain massif. Midtdalsbreen is an outlet glacier of Hardangerjøkulen, an ice cap situated at the northwestern border of the Hardangervidda plateau. Both glaciers are facing north-east, cover a
similar altitudinal range and are of comparable size (Table 4.1). Storbreen has had a mass
deficit since annual mass balance measurements started in 1949 (Andreassen et al., 2005).
No long-term mass balance series are available for Midtdalsbreen, but annual measurements
were initiated in 1963 on Rembesdalsskåka, another outlet glacier from Hardangerjøkulen.
They show an approximate equilibrium until the late 1980s and a subsequent mass surplus.
After 2000, net mass balances were mainly negative; the net balance of the year 2006 was the
lowest ever measured on both Storbreen and Rembesdalsskåka (Kjøllmoen et al., 2007). The
net retreat over the period 1982–2006, when length change was measured at both glaciers,
was 80 m at Storbreen and 25 m at Midtdalsbreen.
The AWSs on Midtdalsbreen and Storbreen (Fig. 4.3) are operated by the Institute of
Marine and Atmospheric research Utrecht (IMAU). The AWS on Midtdalsbreen was placed
in October 2000, the AWS on Storbreen in September 2001. The stations are of identical
80
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Figure 4.3: The location of the AWSs (×) on Storbreen (left) and Midtdalsbreen (right) and a close-up
of the AWS sites. The tripod with a sonic ranger is seen to the left of the mast.

design and are both located in the ablation zones of the respective glaciers. The mast rests on
the ice surface. Air temperature and humidity, wind speed and wind direction are measured at
two levels. Temperature and humidity sensors (Vaisala HMP45C) are mounted on the arms
at approximately 2.4 and 5.7 m above the ice surface, the measurement level of the wind
speed and wind direction sensors (Young 05103) is 0.35 m higher. In addition, the upper
arm carries a radiation sensor (Kipp & Zonen CNR1), measuring the four components of the
radiation balance (incoming and reflected solar radiation, incoming and outgoing longwave
radiation), and a sonic ranger (Campbell SR50), measuring the distance to the surface. A
second sonic ranger is mounted on a tripod, which is drilled into the ice (Fig. 4.3). This sonic
ranger registers both ice melt and snow accumulation. The sonic ranger in the mast ensures a
continuous record when the other sensor is buried by snow. Readings at one to four ablation
stakes around the AWS are used as a reference for the sonic ranger measurements and enable
continuation of the surface height record when data from the sonic rangers is missing. Air
pressure (Vaisala PTB101B) is recorded inside the box containing the electronics. Sample
time varies per sensor, every 30 min (average) values are stored on a data logger (Campbell
CR10X). Power is supplied by lithium batteries, the solar panel generates energy to ventilate
the temperature sensors.
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4.3
4.3.1

Methods
Data treatment

In this section we give an overview of the necessary corrections to the data. More detailed
descriptions are given in Andreassen et al. (2008) and Chapter 3.
• Air temperature was corrected for radiation errors at times when the sensor was not
aspirated using expressions that give the excess temperature as a function of wind speed
and the sum of incoming and reflected solar radiation.
• Relative humidity measured at temperatures below the melting point was corrected
by multiplying with the ratio of the saturated water vapour pressures over water and
over ice, using an expression by Curry and Webster (1999). Specific humidity has
been calculated from the measurements of relative humidity, air temperature and air
pressure.
• The sonic ranger uses the speed of sound at 0◦ C to determine the distance to the surface.
As the speed of sound is a function of air density and hence temperature, the record
was corrected by multiplying with the ratio of the actual speed of sound and the speed
of sound at 0◦ C.

4

• The tilt of the masts was estimated from tilt angles measured during maintenance visits,
combined with data from a tilt sensor in the mast, which did not function properly. On
Midtdalsbreen the estimated tilt of the mast is often large enough to significantly affect
the absolute value of the incoming solar radiation. The tilt only affects the direct solar
beam, hence we applied a tilt correction dependent on cloudiness. A tilted mast also
influences the reflected solar radiation measurements, but the correction was found to
be smaller than uncertainties associated with the poor tilt estimates and was therefore
not applied. Tilt values recorded on Storbreen are smaller and do not seem to influence
daily mean values of incoming solar radiation significantly. Hence, no tilt correction
was applied to the incoming solar radiation on Storbreen.
• Half-hourly values of net shortwave radiation were calculated using the accumulated
albedo method (Van den Broeke et al., 2004) to remove the effects of a poor cosine
response of the radiation sensor at low sun angles and a possible phase shift due to
tilting of the sensor on the daily cycle of incoming solar radiation. As we only use
daily averaged values in this analysis, the effect of this correction on net shortwave
radiation is negligible.
• Due to the opening of a crevasse, the mast on Storbreen fell down in the summer of
2004. The same happened on Midtdalsbreen in 2005. As the data measured during
these periods cannot be used in the analysis, the series from Storbreen contains a 19day gap from 30 July to 17 August 2004. The series from Midtdalsbreen has 39 days
without useful data from 18 July to 25 August 2005. Motivated by the observation that
the records of all variables on Storbreen and Midtdalsbreen generally display similar
and simultaneous fluctuations, we used measurements from Midtdalsbreen to create

82

4.3. Methods

a data set to fill the gap on Storbreen. For the data gap on Midtdalsbreen, we used
measurements from an AWS at the summit of Hardangerjøkulen, except for relative
humidity and incoming longwave radiation where data from Storbreen were used.
• The sonic rangers on the tripods were buried by the snowpack during several winter seasons and melted out at the end of several summer periods. In addition to this,
sonic ranger data are missing for shorter periods during the rest of the year, for various reasons. Small gaps in the surface height record were filled by linear interpolation
between surrounding values, for larger gaps in the melt season we used melt values calculated from the surface energy balance, combined with stake readings. For Storbreen,
measurements from both sonic rangers are lacking during the accumulation season
of 2002–2003. For this period, precipitation data from the nearby Norwegian Meteorological Institute (NMI) weather station Bråtå (664 m a.s.l.) were used to create a
continuous record.

4.3.2

Cloud fraction and effective cloud optical depth

Information about clouds can be obtained from both incoming shortwave and incoming longwave radiation. Fractional cloud cover was estimated from incoming longwave radiation
(Van den Broeke et al., 2008b). Cloud optical thickness was determined from incoming solar
radiation using an expression by Fitzpatrick et al. (2004), resulting in effective cloud optical depth values representative for a uniform cloud cover consisting of cloud droplets with a
standard effective radius of 8.6 µm. However, this expression can only be applied to daytime
measurements without shading by the topography. For all days with more than 20 half-hourly
values for the cloud optical thickness, we calculated daily averages and regressed these values against the cloud fraction. For both locations, an exponential function fitted the data well
(linear correlation r of 0.81) and was used to obtain year-round daily values for cloud optical
depth.

4.3.3

Surface energy balance

The energy balance at the glacier surface can be described by
Q = Sin + Sout + Lin + Lout + Hsen + Hlat + G
= Snet + Lnet + Hsen + Hlat + G,

(4.1)
(4.2)

where Q is melt energy (Q=0 if the surface temperature is below the melting point), Sin and
Sout are incoming and reflected solar radiation, Lin and Lout are incoming and outgoing longwave radiation, Hsen and Hlat are the sensible and latent heat fluxes and G is the subsurface
heat flux. Net solar radiation and net longwave radiation are written as Snet and Lnet . All
fluxes are defined positive when directed towards the surface. Heat supplied by rain is neglected, which is justified on glaciers with a considerable mass turnover (Oerlemans, 2001).
Penetration of shortwave radiation is not included either. Compared to the other fluxes its
contribution to the energy balance is expected to be small and it has been shown not to affect
total melt (Van den Broeke et al., 2008a).
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Model description

4

We have used an energy balance model that solves Eq. (4.1) for a skin layer without heat
capacity, which is described in more detail by Van den Broeke et al. (2005, 2006). Sin , Sout
and Lin are taken from the (corrected) measurements, the other fluxes are written as functions
of the surface temperature Ts . The model time-step is 10 min, to obtain model input for
every time-step, the AWS data are linearly interpolated between half-hourly values. Using an
iterative procedure, the surface energy balance is solved for the surface temperature Ts . If Ts
found by the model is higher than the melting point temperature, Ts is set back to 0◦ C and the
excess energy is used for melting. The amount of melt M in meters water equivalent (m w.e.)
is calculated by dividing Q by the latent heat of fusion (3.34×105 J kg−1 ) and the density of
water (1000 kg m−3 ).
The turbulent fluxes are computed with the bulk method, based on differences in temperature, humidity and wind speed between the measurement level and the surface. We use
measurements from the upper level, the records from the lower level sensors contain several
data gaps. Following Van den Broeke et al. (2005), stability correction functions by Holtslag
and De Bruin (1988) and Dyer (1974) are applied for stable and unstable conditions, respectively. A comparison of turbulent fluxes calculated with data from either the upper or the
lower measurement level revealed that when using wind speed measurements from the upper
level, turbulent fluxes are underestimated, mainly on days with low wind speeds. At both
AWS sites, the ratio of wind speeds measured at the upper and lower level is always larger
than unity for wind speeds above 6 m s−1 ; for lower wind speeds this ratio is smaller than
unity about 20% of the time. On days with a wind speed maximum below the upper level,
the wind is always directed down-slope. Moreover, the temperature difference between the
air and the surface is mostly larger than 5 K, suggesting the presence of katabatically driven
flow. Although wind speeds are relatively low in these circumstances, turbulent fluxes are underestimated considerably by using the upper level measurements, because the temperature
difference between the air and the surface is large. To obtain good agreement between turbulent fluxes calculated with the upper or lower level measurements, we limited the turbulent
flux reduction by the stability correction to one third when using the upper level data. For the
surface roughness length for momentum (z0v ) we use constant values of 0.13 mm for snow
surfaces and 0.75 mm for ice surfaces at both AWS sites. Whether the surface is ice or snow is
determined from a snow depth record constructed from the sonic ranger measurements. The
roughness length values are median values, derived from wind speed differences between
the AWS upper and lower measurement levels at near-neutral atmospheric conditions. We
used the derived roughness lengths for Midtdalsbreen, as only few datapoints remained for
near-neutral conditions at Storbreen and these were mainly found in mid-winter, biasing z0v
towards low values. Using roughness lengths from Midtdalsbreen on Storbreen will not likely
introduce a large error, because derived values are similar during the periods they could be
calculated for both glaciers and the surface characteristics at the AWS sites are comparable.
Sensitivity tests with the energy balance model using data from Midtdalsbreen, have shown
that an order-of-magnitude change in z0v roughly affects the sum of the turbulent fluxes by
15%, while removing the stability correction increases the summed turbulent fluxes by 20%,
on average (Ch. 3). The roughness lengths for heat and moisture are calculated from expressions by Andreas (1987).
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Subsurface heat conduction is computed from the one-dimensional heat-transfer equation for 0.04 m thick layers down to a depth of 20 m. The temperature at the lowest level
is assumed to remain stable. The initial temperature profile is generated by continuously
running the model over the measurement period until the 20 m temperature is stable within
0.01◦ C. The number of snow layers is determined by dividing the observed snow depth by the
model layer thickness. Snow density has a constant value of 500 kg m−3 , based on measurements in snow pits around the AWSs. Meltwater percolates vertically through the snowpack
and refreezes where snow temperatures are below the melting point. When the snowpack is
saturated with meltwater, the remaining meltwater is assumed to run off. Note that in our
approach, the changing snow depth is prescribed from the sonic ranger record and not calculated by the model. This ensures that the snow cover appears and disappears at the right
moment. When the snow has disappeared, input from the height sensor is not needed anymore and model and measurements are independent. For this snow-free period, the melt M
computed by the model can be compared with the surface lowering registered by the sonic
ranger and the ablation stakes by dividing M by 0.9, the ratio of the ice and water densities
used in this study.
Model performance
A comparison of the modelled and observed surface temperature (from measured Lout , assuming a surface with unit emissivity) gives an indication of the model performance. Figure 4.4 shows modelled versus observed daily average surface temperatures for Storbreen and
Midtdalsbreen. The overall agreement is good, although surface temperatures are somewhat
overestimated on clear-sky winter days. This cannot be attributed to the limited stability correction, removing the limit only slightly reduces the temperature difference on these days.
Riming of the sky-facing longwave radiation sensor is a plausible cause. For Storbreen, the
mean difference between modelled and observed surface temperature is +0.07◦ C, with a rootmean-square error (RMSE) of 1.3◦ C. For Midtdalsbreen, the mean difference is +0.14◦ C with
a RMSE of 1.1◦ C. Given the uncertainties in both the measurements and the energy balance
model, this is a good result. For both locations, the match between modelled and measured
surface melt is generally good (Ch. 3; Andreassen et al., 2008), which indicates that all relevant processes are included in the model and the calculated energy balance is robust.

4.4

Results

For the main atmospheric quantities and the surface energy fluxes, mean values over the five
years (7 September 2001 to 6 September 2006) were computed, as well as averages over all
30-min intervals when the surface was melting (Q>0). We used measurements made at the
upper level for the analysis, since the records from the lower level sensors have several data
gaps. Correlation coefficients (r) between variables on Storbreen and Midtdalsbreen were
computed for both half-hourly and daily mean values. The periods with data missing for
one of the locations were excluded from the calculation of r. The mean values and linear
correlations are listed in Table 4.2.
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Figure 4.4: Modelled versus observed surface temperature (daily mean values) for (a) Storbreen and (b)
Midtdalsbreen.

4

4.4.1

Air temperature and humidity

Annual mean air temperature is 0.7◦ C higher on Midtdalsbreen (Table 4.2), reflecting the
lower altitude of the AWS location. The mean and most frequent temperature lapse rate
calculated from the two temperature records is 6.0◦ C km−1 . The temperature difference is
smaller during melt (4.3◦ C km−1 ), when the air above the glaciers is cooled by the melting
surface. Daily mean air temperatures for the AWS sites on Storbreen and Midtdalsbreen
have an almost perfect resemblance, in both inter-daily fluctuations and annual amplitude
(Fig. 4.5). The correlation coefficient of daily mean air temperatures on the two glaciers
is 0.98 (Table 4.2). To eliminate the correlation due to the seasonal cycle, we calculated
daily mean temperature anomalies by subtracting the monthly mean temperature, including
all months with measurements available from both AWSs. After the removal of the seasonal
cycle the linear correlation is still 0.95. Computed daily temperature anomalies with a moving average of 31 days, show that the winters 2000–2001, 2002–2003 and 2005–2006 were
relatively cold, while the major part of the summer of 2002 was warmer than the other summers in the record (Fig. 4.5, third panel). In 2003, temperatures in spring were relatively high
and 2005 had a very warm autumn.
At both glaciers the air is humid, with an average relative humidity around 80%
(Table 4.2). Relative and specific humidity are generally slightly lower on Storbreen. This
could indicate a more continental climate than at Midtdalsbreen, but can also be the result of
a different boundary-layer structure at the two sites. As the local free-atmosphere humidity
is not measured, we cannot distinguish whether the lower humidity values on Storbreen are
a local or a regional feature. At both AWS sites, specific humidity averaged over the melt
season is higher than the annual average, as warmer air can contain more water vapour. The
mean relative humidity is also slightly higher in summer than in winter, because the free
atmosphere air is cooled near the cold glacier surface, increasing the relative humidity.
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Figure 4.5: Daily mean air temperature on Storbreen and Midtdalsbreen and 31-day moving average
of daily air temperature anomalies on Storbreen and Midtdalsbreen. The temperature anomalies were
calculated by subtracting the monthly mean temperature at both locations.
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Table 4.2: Mean values of meteorological quantities and energy fluxes for Storbreen (S) and Midtdalsbreen (M) over the period 7 September 2001–6 September 2006, for the entire period and periods when
the surface was melting. The absolute accuracy is given for daily and annual mean values. Linear correlations r between variables on Storbreen and Midtdalsbreen are shown for half-hourly and daily mean
values.
Annual mean
S
M
Meteorological quantities
Air temperature (◦ C)
Relative humidity (%)
Specific humidity g kg−1 )
Wind speed m s−1 )
Air pressure (hPa)
Cloud fraction
Effective cloud optical depth
Surface albedo

4

Melt period mean
S
M

−1.9
77.9
3.4
3.8
834.0
0.62
16.0
0.73

−1.2
81.9
3.6
6.6
848.5
0.60
11.9
0.68

4.9
78.2
5.1
3.3
838.3
0.69
–
0.52

Surface energy fluxes (W m−2 )
Shortwave in
108
Shortwave out
−70
Longwave in
272
Longwave out
−292
Sensible heat flux
15
Latent heat flux
1
Subsurface heat flux
3

126
−76
270
−295
24
4
3

220
−125
311
−316
20
9
−2

4.4.2

5.3
80.8
5.3
6.0
852.4
0.64
–
0.47
242
−126
304
−316
39
16
−2

Accuracy
day year

Correlation
30 min day

0.3
3.0
0.2
0.4
0.4
0.05
10
0.05

0.1
1.0
0.1
0.1
0.1
0.02
3
0.02

0.97
0.72
0.95
0.53
1.00
0.67
–
–

0.98
0.83
0.98
0.74
1.00
0.83
0.72
0.91

20
10
10
5
10
10
5

5
2
2
2
5
5
2

0.92
0.93
0.79
0.95
0.66
0.75
0.61

0.96
0.96
0.91
0.97
0.81
0.88
0.81

Wind speed and wind direction

The most striking difference between the two glaciers is that wind speeds are on average
1.75 times larger on Midtdalsbreen (Table 4.2). This ratio is almost constant through the
year, from October to December values are slightly higher. A similar ratio is found for wind
speeds at the lower level, using all available simultaneous wind speed measurements from
both locations. The linear correlation between wind speeds at Storbreen and Midtdalsbreen
is nonetheless relatively high (r=0.74 for daily means).
The dominant wind directions on the two glaciers (Fig. 4.6) are related to the local topography. Two wind directions are imposed by the orientation of the valleys in which the glaciers
are situated. Midtdalsbreen flows into the valley Finsedalen, which has an approximate west–
east orientation, seen as winds from directions 130◦ and 280◦ . Northerly winds seldomly
occur on Midtdalsbreen. Storbreen is situated in the almost north–south oriented Leirdalen,
resulting in winds from 355◦ and 165◦ . Winds with the directions 225◦ on Midtdalsbreen
and 200◦ on Storbreen are down-slope winds along the glacier length axis, commonly known
as katabatic or glacier winds. Although the glacier slopes are similar (Table 4.1), katabatic
winds occur more frequently on Storbreen and impose the dominant wind direction, while
westerly winds are dominant on Midtdalsbreen. Westerly winds are also common on Storbreen and are likely large-scale winds, as they generally occur simultaneously with westerly
winds on Midtdalsbreen. While the highest wind speeds on Midtdalsbreen are recorded during westerly flow, westerly winds on Storbreen are much weaker. Storbreen is surrounded by
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Figure 4.6: Half-hourly wind speed versus wind direction on (a) Storbreen and (b) Midtdalsbreen.
Measurements are shown at hourly intervals for the period September 2005 to September 2006.

higher mountains than Midtdalsbreen, which shelter the glacier from the large-scale circulation. The large differences in wind regimes suggest that on Midtdalsbreen the development
of a katabatic flow is often suppressed by the strong large-scale circulation and is thereby
limited to calm days, while on Storbreen katabatic winds can develop more frequently.

4.4.3

Incoming solar radiation and cloudiness

Incoming shortwave radiation is significantly larger on Midtdalsbreen, both in the annual
mean value as in periods with surface melt (Table 4.2). The annual mean top-of-theatmosphere incoming solar radiation is only 5 W m−2 higher at Midtdalsbreen, hence the
lower latitude of Midtdalsbreen cannot explain this difference. Figure 4.7a shows that
monthly mean atmospheric transmissivity at the AWS site on Midtdalsbreen is always higher
than on Storbreen. On both glaciers, the atmospheric transmissivity is maximum in spring and
gradually decreases during summer. The lower atmospheric transmissivity at Storbreen could
be caused by more frequent shading of the AWS site or differences in cloud characteristics.
In winter, shading by the surrounding topography reduces the amount of Sin considerably, an
effect which is larger on Storbreen. In summer, the solar zenith angle is much smaller and
the influence of shading on Sin is small. For this period, the cloud fraction (Table 4.2) and
the effective cloud optical depth (Fig. 4.7b) are larger for Storbreen, hence the smaller Sin in
summer is mainly resulting from thicker clouds. We investigated possible relations between
the difference in cloudiness and other measured variables or differences in variables between
the two locations, but no dependencies were found. Since most meteorological variables on
Storbreen and Midtdalsbreen, including Sin , are highly correlated, the larger cloud fractions
found for Storbreen are likely associated with local factors affecting cloud properties and not
with different synoptic situations at the two glaciers.
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Figure 4.7: Monthly mean values of (a) atmospheric transmissivity and (b) effective cloud optical depth
on Storbreen and Midtdalsbreen.
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4.4.4

Reflected shortwave radiation and surface albedo

Figure 4.8 presents the daily mean surface albedo for Storbreen and Midtdalsbreen for two
winter and summer seasons. These years were selected because the data are continuous and
cover two complete seasons. Snow generally starts to accumulate at the AWS sites between
the end of September and the end of October. The albedo fluctuations in winter are very
similar on the two glaciers. In summer, most precipitation falls as rain at the AWS sites, but
occasional snowfall events can be recognized by a simultaneous increase in albedo at both locations. In all years, the snow disappears earlier in summer at the AWS site on Midtdalsbreen
than on Storbreen. The time difference in ice reappearance at the two locations varies between 11 days (2003) and 35 days (2002) and is weakly related to the maximum snow depth
and the difference in total snow accumulation at the two locations. In the winter 2001–2002,
Midtdalsbreen received considerably less snow than Storbreen, leading to the largest difference in ice reappearance dates. Ice albedo on Midtdalsbreen remained rather high during the
summer of 2002 for unknown reasons. In general, ice albedo has a value around 0.3 at both
locations, but can get as low as 0.22.
Annual mean reflected shortwave radiation is slightly larger on Midtdalsbreen
(+6 W m−2 ), due to more incoming solar radiation (Table 4.2). For the period with surface
melt, the difference between the two glaciers becomes very small (+1 W m−2 ), mainly a result
of the earlier disappearance of the snowpack on Midtdalsbreen. As the difference between
absolute Sout at the two locations is small, Snet is larger on Midtdalsbreen (Fig. 4.9).

4.4.5

Longwave radiation

Annual mean incoming longwave radiation is comparable at the two AWS locations
(Table 4.2). However, in summer monthly averaged Lin is 4 to 6 W m−2 larger on Storbreen,
while during the winter season Lin is often larger on Midtdalsbreen. In summer, thicker
clouds on Storbreen result in larger Lin than on Midtdalsbreen (Fig. 4.7b), as was already
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Figure 4.8: Daily mean surface albedo on Storbreen and Midtdalsbreen from October 2001 to October
2003.

discussed in Section 4.4.3. The larger Lin for Midtdalsbreen during the winter months is a
result of occasional multi-day periods with substantially more humid and cloudier weather
than on Storbreen.
Outgoing longwave radiation is similar at the two locations, values are slightly higher
on Midtdalsbreen, as surface temperatures are higher due to more positive energy fluxes
towards the surface. During the melt season, the surface is almost continuously at the melting
point and Lout is approximately equal at the AWS sites. The combination of higher Lin and
lower Lout on Storbreen compared to Midtdalsbreen, results in less negative Lnet on Storbreen
(Fig. 4.9).

4.4.6

Turbulent fluxes

On both glaciers, the daily mean sensible heat flux is almost permanently positive (Fig. 4.9),
as the daily average surface temperature is seldom higher than the air temperature. The
sensible heat flux is generally larger on Midtdalsbreen, especially in summer, which is a
result of the higher air temperatures and higher wind speeds.
The latent heat flux is mainly negative and partly balances the sensible heat flux (Fig. 4.9).
Again, the absolute values of Hlat are generally larger on Midtdalsbreen, because of the more
humid and windier conditions. During summer, both Hsen and Hlat are positive and contribute
substantially to the energy available for melting (Fig. 4.10).

4.4.7

Subsurface heat flux

The subsurface heat flux warms or cools the surface depending on the sign of the sum of the
atmospheric energy fluxes. Daily mean values only occasionally exceed 20 W m−2 and are
small compared to the other energy fluxes (Fig. 4.9). The subsurface heat fluxes are similar
in magnitude and inter-daily fluctuations at the two AWS sites. In the early melt season,
when the surface consists of snow, G is generally zero or positive as the entire snowpack is
at the melting point temperature. As soon as the snow has disappeared, G becomes slightly
negative. The glacier ice is still cold because it was isolated by the snowpack during spring;
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Figure 4.9: Daily mean surface energy fluxes on Storbreen and Midtdalsbreen in 2003.

all through the melt season a small amount of energy is used to warm the ice. The model
does not include penetration of shortwave radiation, but in reality the near-surface ice is likely
heated by penetrating shortwave radiation during the day. This process creates an isothermal
layer causing G to vanish.

4.4.8

Melting energy

The energy available for melting is, on average, a factor 1.3 larger on Midtdalsbreen. Net
radiation Rnet , the sum of the shortwave and longwave radiative fluxes, is 1.2 times larger
than on Storbreen, the turbulent fluxes are almost twice as large (factor 1.9). On both Storbreen and Midtdalsbreen, the surface is melting almost continuously during July and August (Fig. 4.11a). The main melt season is between May and October, when Snet dominates
over Lnet and the sum of Hsen and Hlat is positive (Fig. 4.9). In the winter months, melt occurs
sporadically. During the five years considered in this study, the glacier surface at the AWS
site on Storbreen was melting 32% of the time, on Midtdalsbreen this percentage is 35%.
The relative contribution of the energy fluxes to the surface melt for the months between
April to October is illustrated in Fig. 4.11b. Note that only periods with melt are included in
this calculation. In early spring, the contribution of Rnet to surface melt is larger than unity,
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Figure 4.10: Monthly mean values of the surface energy fluxes during melt for (a) Storbreen and (b)
Midtdalsbreen.

to balance the negative Hlat . In fact, Snet needs to compensate Hlat and Lnet which are both
negative (Fig. 4.10), implying that large Sin is required for melt in spring. The relative importance of Rnet decreases during the melt season, when top-of-the-atmosphere solar irradiance
becomes smaller, cloudiness increases and the turbulent fluxes increase due to higher wind
speeds. In October, Snet and Hsen contribute equally to the melt energy and the turbulent fluxes
together dominate the surface energy balance (Figs. 4.10 and 4.11b). The largest melt fluxes
occur on Midtdalsbreen in July, on Storbreen the amount of melt in July is significantly lower
and comparable to melt in August. The main cause for this difference is the earlier disappearance of the snowpack on Midtdalsbreen, which happens in June or early July. The lower ice
albedo enhances the amount of energy supplied by Snet . Net radiation dominates the surface
energy balance at both AWS sites, but its relative contribution is larger on Storbreen. Over
the entire period with melt its fraction of the total melt energy is 0.76 on Storbreen and 0.66
on Midtdalsbreen.

4.4.9

Accumulation and ablation

Snow accumulation is highly variable from year to year, but generally similar in timing and
magnitude at the two AWS sites (Fig. 4.12a). The similarity between the snow depth records
indicates that the two glaciers are situated in a similar precipitation regime, even though
Fig. 4.1 suggests a slightly more maritime climate on Midtdalsbreen. The largest differences
between the two records occur when a heavy snowfall event takes place at only one of the
two locations. To determine whether these occasional events are related to local or largescale wind directions, we selected the periods with large differences in snow accumulation.
For these periods, we examined both the wind direction measured at the AWS sites as well
as the wind direction at the 850 hPa level from (re-)analyses by the European Centre for
Medium-Range Weather Forecasts (ECMWF), but no relation was found. On several days
with more snowfall on Storbreen, wind speeds were higher than 10 m s−1 on Midtdalsbreen,
pointing towards fresh snow removal by snowdrift and sublimation. However, during other
93

4

4. Surface energy balance at Midtdalsbreen and Storbreen

(a)

1

(b) 1.5

Storbreen
Midtdalsbreen

Rnet S
Hsen S
Hlat S
GS

0.8

0.6

Fraction

Fraction

1

0.4

0.5

0

0.2

0

Rnet M
Hsen M
Hlat M
GM

1

2

3

4

5

6

7

Month

8

9 10 11 12

-0.5

4

5

6

7

8

9

10

Month

Figure 4.11: Monthly values of (a) the fraction of time with melt and (b) the contribution of the energy
fluxes to surface melt on Storbreen (S) and Midtdalsbreen (M).
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windy periods on Midtdalsbreen snow accumulation was similar or higher than on Storbreen,
hence no common cause for the snowfall differences could be established.
The larger energy fluxes on Midtdalsbreen lead to a higher ablation rate than on Storbreen.
The snowpack on Midtdalsbreen melts away more quickly in spring, resulting in a longer
period with ice at the surface. For the five years considered in this study, the surface became
snow-free between 10 June (in 2002) and 17 July (in 2005) on Midtdalsbreen, while on
Storbreen the ice reappeared between 4 July (in 2006) and 12 August (in 2005). Over the
entire period, the cumulative ice melt is 1.7 times larger on Midtdalsbreen (Fig. 4.12b). To
quantify the effect of the earlier disappearance of the snowpack on Midtdalsbreen on the total
ice melt, we compared the amount of ice melted in the periods with a snow-free surface at
both locations. For these periods, cumulative ice melt on Midtdalsbreen is 30% larger than on
Storbreen, entirely the result of the larger energy fluxes on Midtdalsbreen. Hence the effect of
the earlier reappearance of the ice surface on Midtdalsbreen in the five summers considered,
is as large as 40%.

4.5
4.5.1

Discussion
Uncertainties in measurements and calculations

Meteorological quantities measured on Storbreen and Midtdalsbreen were found to be generally highly correlated, while absolute differences can be considerable. The identical design of
the AWSs minimizes uncertainties due to different instruments, sample intervals or measurement heights. Besides uncertainties due to measurement errors, the results from the energy
balance model depend on the values chosen for the model parameters. By applying the same
model to both data sets, we exclude uncertainties introduced by different model equations or
computation methods. We estimated the accuracy of the measured and modelled variables,
considering random and systematic measurement errors as well as uncertainties arising from
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Figure 4.12: Daily values of (a) snow depth and (b) cumulative surface height at the AWS sites on
Storbreen and Midtdalsbreen for the entire period. Direct measurements from the sonic ranger are
shown as solid lines, accumulation estimated from precipitation data and ablation computed with the
energy balance model are drawn with dashed lines.

processing steps and the model design (Table 4.2). In this section, we discuss the largest error
sources and implications for the energy balance calculations.
Incoming solar radiation has the largest uncertainty of the measured variables. The instrument accuracy given by the manufacturers is ±10% for daily totals (Andreassen et al., 2008),
suggesting large potential errors in daily values when solar irradiance is large. However,
these random errors are considerably reduced when averaging over longer periods. Tilting
of the mast is a possible source for systematic errors. We were able to reduce the systematic
error in Sin with a tilt correction, but because only the approximate tilt angle is known, large
uncertainties remain. Daily mean values for the tilt corrections applied to the solar radiation data from Midtdalsbreen rarely exceed ±10 W m−2 . We investigated the effect of the
tilt correction on the energy balance by recalculating the Sin values reported in Table 4.2 for
Midtdalsbreen with uncorrected solar radiation measurements. The resulting annual and melt
period mean values are 1 and 8 W m−2 higher, respectively; the contribution of net radiation
to melt slightly increases from 66% to 68%. We assume that the applied tilt correction has
reduced the errors in Sin , hence the remaining uncertainty is expected to be smaller than the
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values presented above.
The effective cloud optical depth calculated from the AWS measurements also has a large
uncertainty (Table 4.2). The parameterization requires solar incoming radiation measurements for an unshaded site and can therefore only be determined during daytime when the
solar zenith angle is large enough. An exponential relation with daily mean cloud fraction
values was used to obtain the effective cloud optical depth for all days (Section 4.3.2), including winter days with all-day shading of the AWS site. Although the fitted function describes
the relation between cloud fraction and cloud optical depth well, large uncertainties are associated with the computed values for individual days.
The largest model uncertainties result from the calculation of the turbulent fluxes, as the
available data only provide estimates for the stability correction and the surface roughness
length, due to the limited number of usable data and the highly variable nature of the surface and the boundary-layer. In Chapter 3, we investigated the sensitivity of the turbulent
fluxes and modelled melt to changes in the roughness length for momentum and the stability
correction. When z0v on Midtdalsbreen is increased to 5 mm, the sum of the mean turbulent
fluxes during melt becomes 9 W m−2 higher, while the contribution of the turbulent fluxes to
melt increases by 4%. Omitting the stability correction has a similar effect on the results;
applying the full stability correction reduces the absolute and relative contributions to melt
by the turbulent fluxes by a comparable magnitude. As the values for z0v and the stability
correction used in this study have been derived from local observations, we expect that these
sensitivity tests give the upper limit of uncertainties associated with the turbulent fluxes on
Midtdalsbreen. Uncertainties in the turbulent fluxes will have a smaller effect on the energy
balance at Storbreen, where the turbulent fluxes are less important than on Midtdalsbreen.
Although the uncertainties in the results introduced by measurement errors and model
uncertainties are considerable (Table 4.2), they are mostly smaller than the observed differences in meteorological quantities between the two locations. Hence, it is unlikely that these
differences result from measurement or model uncertainties.

4.5.2

Comparison to other glaciers

To compare the surface energy fluxes on Storbreen and Midtdalsbreen with values on other
glaciers, we selected a number of energy balance studies conducted on glaciers at comparable
latitudes, between 50◦ and 70◦ on both hemispheres. Table 4.3 lists the absolute values for
the energy fluxes found in these studies and their contribution to the energy balance. The
reported values are mostly averages over the measurement period and not specifically for a
melting surface. However, most studies are conducted during the main melt season and the
surface is often assumed or found to be melting continuously. The mean air temperature Ta
and wind speed v at the study sites are also listed in Table 4.3, when reported. Humidity is
not included because it is less often reported and cannot be compared directly as some studies
report relative and others absolute humidity values.
The mean absolute and relative values for the energy fluxes on Storbreen found in this
study are higher than those reported for Storbreen for the summer of 1955 (Liestøl, 1967),
but the numbers reported for 1955 are within the range of the annual values reported for the
period 2001–2006 (Andreassen et al., 2008). Energy fluxes at the AWS site on Storbreen
compare both in absolute and relative numbers to McCall Glacier (Klok et al., 2005). The to96
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Table 4.3: Mean values of the energy fluxes (W m−2 ) and relative contribution to the surface energy
balance (%, boldface numbers) from several energy balance studies. Values are rounded to the nearest
integer. Hr is heat supplied by rain. The total melt energy Q is the sum of the individual energy fluxes,
not measured ablation as these are not always equal. When reported, the surface type (snow/firn/ice),
altitude (m a.s.l.), mean air temperature Ta (◦ C) and wind speed v (m s−1 ) at the study site are also listed.

Location
Reference
McCall Glacier, Alaska
(Klok et al., 2005)
Storglaciären, Sweden
(Hock and Holmgren, 1996)
Qamanârssûp sermia, Greenland
(Braithwaite and Olesen, 1990)
West Gulkana Glacier, Alaska
(Brazel et al., 1992)
Ecology Glacier, King George Island
(Bintanja, 1995)
Storbreen, Norway
(Liestøl, 1967)
Storbreen, Norway
(this study)
Nordbogletscher, Greenland
(Braithwaite and Olesen, 1990)
Worthington Glacier, Alaska
(Streten and Wendler, 1968)
Omnsbreen, Norway
(Messel, 1971)
Midtdalsbreen, Norway
(this study)
Lemon Creek Glacier, Alaska
(Wendler and Streten, 1969)
Koryto Glacier, Russia
(Konya et al., 2004)
Hodges Glacier, South Georgia
(Hogg et al., 1982)
Glaciar Lengua, Chile
(Schneider et al., 2007)
Peyto Glacier, Canada
(Munro, 1990)

Tyndall Glacier, Chile
(Takeuchi et al., 1995a,b)
Moreno Glacier, Chile
(Takeuchi et al., 1995a,b)

Latitude

Period

69◦ N

15 Jun–20 Aug
2004
19 Jul–27 Aug
1994
1 Jun–31 Aug
1980–1986
21 Jun–19 Jul
1986
17 Dec–16 Jan
1990–1991
6 Jul–8 Sep
1955
7 Sep–6 Sep
2001–2006
1 Jun–31 Aug
1979–1983
16 Jul–1 Aug
1967
3 Jun–8 Sep
1968–1969
7 Sep–6 Sep
2001–2006
5 Aug–20 Aug
1968
7 Aug–12 Sep
2000
1 Nov–4 Apr
1973–1974
28 Feb–12 Apr
2000
17 Jun–6 Jul
1988
21 Jun–5 Jul
1988
9 Dec–17 Dec
1993
12 Nov–27 Nov
1993

68◦ N
64◦ N
63◦ N
62◦ S
62◦ N
62◦ N
61◦ N
61◦ N
60◦ N
60◦ N
58◦ N
55◦ N
54◦ S
53◦ S
52◦ N

51◦ S
50◦ S

Surface
Altitude
snow/ice
1715
snow/ice
1370
ice
790
snow/ice
1520
snow/ice
100
snow/ice
1600
snow/ice
1570
ice
880
ice
±850
snow/ice
1540
snow/ice
1450
firn
1200
snow
810
snow/ice
375
ice
450
ice
2300
snow
2500
ice
700
ice
330

Ta
v
5.3
3.1
5.4
2.5
–
–
–
–
1.9
5.7
–
–
4.9
3.3
–
–
9.6
2.1
–
–
5.3
6.0
7.6
1.5
7.6
2.4
–
3.8
5.9
4.1
–
–
–
–
5.1
6.6
7.9
4.9

Rnet

Hsen

Hlat

Hr

G

Q

93
74
73
66
103
64
79
57
61
64
73
56
89
76
79
71
127
51
57
52
104
66
41
48
43
33
47
55
57
35
108
65
39
51
137
51
139
54

31
25
33
30
62
39
49
35
27
29
40
31
20
17
32
29
68
29
35
32
39
25
36
43
59
44
41
48
86
54
57
34
32
42
111
42
126
49

6
5
5
5
−6
–4
11
8
7
7
17
13
9
8
2
2
47
20
16
15
16
11
8
9
31
23
−2
–3
12
7
2
1
5
7
19
7
−9
–4

–

−5
–4
−3
–3
–

125

161

1
0
–

–

139

–

96

–

–

130

–

117

–

−2
–2
–

111

–

–

242

–

–

108

–

157

–

−2
–2
–

–

–

133

–

–

86

7
4
–

–

162

–

166

–

–

76

–

–

266

–

–

256

–
–
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tal melt energy is also comparable to values reported for Storglaciären (Hock and Holmgren,
1996), Nordbogletscher (Braithwaite and Olesen, 1990) and Omnsbreen (Messel, 1971), but
at those locations turbulent fluxes are more important. In fact, Storbreen has the highest contribution by net radiation of all the selected studies. A probable explanation is that many of
the glaciers in this latitude range are situated in more maritime climates than Storbreen, but
the surface albedo on Storbreen may also be lower. In relative numbers, the values found for
Midtdalsbreen in this study compare well to those reported for Storglaciären, Qamanârssûp
sermia (Braithwaite and Olesen, 1990), Ecology Glacier (Bintanja, 1995) and the measurements at 2300 m a.s.l. on Peyto Glacier (Munro, 1990), which were obtained above an ice
surface. The absolute values for net radiation and total melt energy on Midtdalsbreen are
similar to those measured on Qamanârssûp sermia and Peyto Glacier as well, although the
values for the separate turbulent fluxes are different. The melting energy on Midtdalsbreen is
considerably larger than on Omnsbreen, a small glacier located approximately 11 km north
of Midtdalsbreen. The values for the turbulent fluxes measured on the two glaciers are comparable, but net radiation is much smaller on Omnsbreen. During the investigation period in
1968, Omnsbreen remained snow-covered, in 1969 the ice was not exposed before 21 July
(Messel, 1971). The higher surface albedo on Omnsbreen resulted in smaller net radiation
than during melt periods on Midtdalsbreen.
The magnitude of the energy fluxes on Storbreen and Midtdalsbreen lies in between numbers reported for other glaciers at comparable latitudes. However, no simple dependencies
of the absolute or relative energy fluxes on latitude, altitude, air temperature or wind speed
could be found for the studies listed in Table 4.3. There are several reasons why a thorough
comparison between these studies cannot be made. First, the measurements were obtained
in different years and interannual variability can be large. Second, at the latitudes considered
here, the absolute values and relative contributions of the energy fluxes change significantly
during the melt season (Figs. 4.9 and 4.11b), hence the period of measurement largely influences the results. Furthermore, measurements are made over different surface types (snow
and/or ice) and the range in altitudes is large, influencing the absolute values of the energy
fluxes and their relative contribution to the energy balance. Moreover, in the selected studies
various methods are applied to calculate the turbulent fluxes and the contribution of the fluxes
to surface melt, which should as well be considered when comparing results. The values reported in Table 4.3 for Storbreen and Midtdalsbreen are averages over half-hourly periods
with surface melt, as given by the energy balance model. Changing to hourly instead of halfhourly intervals reduced the reported fluxes by 1 to 2%, whereas the relative contributions
to melt did not change notably. Although the surface on Storbreen and Midtdalsbreen was
always melting during the day in July and August, the surface temperature dropped below
the melting point on clear-sky nights. If we had included the periods without melt in our
calculation, the average values for net radiation in July and August had been 13% (Midtdalsbreen) and 18% (Storbreen) lower. The turbulent fluxes and the subsurface heat flux at
the two AWS locations were found to be less sensitive to including periods without melt, as
they have a smaller daily cycle. The contribution to melt by the different fluxes changed by
only 1–3% when periods without melt in July and August were included. We conclude that
a thorough comparison between energy fluxes at two different locations can only be made
when the period of measurement and the methods applied to determine the turbulent fluxes
and the contribution to melt are identical, as they are in the present study.
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Table 4.4: Mean values and linear correlations of daily mean values of meteorological quantities for
Storbreen (S), Sognefjellhytta (So), Midtdalsbreen (M) and Finsevatn (F) over the period 7 September
2001–6 September 2006, for all days with data available for all stations.
Variable
Air temperature (◦ C)
Relative humidity (%)
Specific humidity (g kg−1 )
Wind speed (m s−1 )
Air pressure (hPa)

4.5.3

Number
of days
1518
927
805
1549
1305

Coverage
(%)
83
51
44
85
71

S
−2.4
76.4
3.0
3.8
834.0

Mean
M
So
−1.7 −2.1
80.6
83.6
3.2
3.3
6.6
3.9
848.5 850.5

F
−1.4
88.3
3.6
5.2
872.9

S–So
0.98
0.80
0.99
0.70
1.00

S–F
0.92
0.52
0.98
0.71
0.99

Correlation
M–So M–F
0.98
0.94
0.78
0.66
0.98
0.99
0.72
0.90
1.00
1.00

So–F
0.97
0.76
0.99
0.75
1.00

Comparison to nearby weather stations

As glacio-meteorological records are only available for a limited number of glaciers, mass
and energy balance models are mostly driven by meteorological data measured at a distance
from the glacier of interest. Although air temperature and air pressure are generally correlated over relatively large distances, variables like wind speed and cloudiness depend on
small-scale topography and other local conditions. In this section we compare the records
from Storbreen and Midtdalsbreen with measurements from two NMI weather stations located close to the respective glaciers. Sognefjellhytta (1413 m a.s.l.) is situated 8 km southwest from Storbreen, Finsevatn (1210 m a.s.l.) is located 4 km north-east from the AWS on
Midtdalsbreen. Both stations are automatic weather stations with hourly measurements of
air temperature, relative humidity, air pressure, wind speed and wind direction. Precipitation
is measured at Finsevatn, but is excluded from the comparison as these measurements are
very uncertain at automatic weather stations and only snow accumulation is recorded at the
AWSs on Storbreen and Midtdalsbreen. Relative humidity measurements were corrected for
temperatures below 0◦ C (Sect. 4.3.1). Specific humidity has been calculated from air temperature, relative humidity and air pressure when these three variables were available. Mean
values and linear correlations (r) have been computed for all days with measurements from
all four stations (Table 4.4) and are not annual mean values. The relative humidity record
from Finsevatn contains large data gaps, hence the number of days included for relative and
specific humidity is much smaller than for the other variables.
Daily mean air temperatures at Storbreen, Midtdalsbreen and Sognefjellhytta are highly
correlated, while correlations with air temperatures at Finsevatn are considerably lower. On
clear-sky days, the diurnal temperature cycle is much stronger at Sognefjellhytta and Finsevatn than at the glacier sites (Fig. 4.13). On such days, low wind speeds are recorded outside
the glaciers, promoting heating of the near-surface air during the day and strong cooling at
night. On the sloping glacier surface, wind speeds are higher and the air is better mixed.
Since especially the clear-sky nights are colder outside the glaciers, mean air temperatures
for Sognefjellhytta and Finsevatn are lower than expected from an extrapolation of the mean
air temperatures at the glacier sites.
The highest wind speeds are measured on Midtdalsbreen and are well correlated with
wind speeds at Finsevatn, while the correlation of wind speeds at other locations is significantly lower. Wind directions at Sognefjellhytta and Finsevatn have two very pronounced
directions (Fig. 4.14), on Midtdalsbreen and Storbreen wind directions are more variable.
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Figure 4.13: Hourly air temperatures at Storbreen, Midtdalsbreen, Sognefjellhytta and Finsevatn on six
days in April 2005.
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Although the dominant wind directions at Sognefjellhytta and Finsevatn differ, westerly or
south-easterly winds occur at the same time, hence the measured wind direction is likely a
large-scale wind direction modified by local topography. These large-scale winds are often
recorded on Midtdalsbreen, while on Storbreen down-glacier winds are dominant and largescale wind directions only occur occasionally. The comparison with Sognefjellhytta and
Finsevatn supports the supposition (Sect. 4.4.2) that wind characteristics at Midtdalsbreen
are generally determined by the large-scale circulation and that wind speeds on Storbreen are
often of a local nature.
To investigate how a change in meteorological input data affects the calculated energy
balance for Storbreen and Midtdalsbreen, we performed additional model runs with air temperature, relative humidity or wind speed taken from a different location. The only melt
season with these three variables available for all four AWSs, is the summer of 2006. To
capture the entire melt season, the model was run from 1 March to 8 September 2006, the
end of the records from Storbreen and Midtdalsbreen. We applied a lapse rate of 6.0◦ C km−1
to extrapolate air temperatures to the glacier AWS altitudes. We estimated the change in incoming longwave radiation from the new air temperature and cloud cover by inverting the
method by Van den Broeke et al. (2006), which is normally used to estimate fractional cloud
cover from incoming longwave radiation and air temperature. Relative humidity and wind
speed data were used without alterations. Snow depth and surface albedo are taken from the
measurements, hence the positive feedback process of a possible change in ice reappearance
date on net solar radiation is not included. The model has been run for Storbreen with data
from Midtdalsbreen and Sognefjellhytta, for Midtdalsbreen we used data from Storbreen and
Finsevatn.
Using relative humidity data from another location affects the modelled melt by less than
2%. Applying air temperatures from the other glacier AWS also has a small effect. However,
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Figure 4.14: Wind direction frequency distributions for Storbreen, Midtdalsbreen, Sognefjellhytta and
Finsevatn, where all hourly intervals with measurements at all four stations are included (63% of all
hourly intervals).
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air temperatures extrapolated from Sognefjellhytta result in 11% more melt on Storbreen and
using air temperatures from Finsevatn leads to an 8% increase in modelled melt on Midtdalsbreen. In spring, applying a different temperature record does not notably affect modelled
melt, despite the large differences in the daily cycle. In summer, air temperatures on the
glaciers are almost continuously overestimated using air temperatures from Sognefjellhytta
and Finsevatn. The air above the glaciers is cooled by the relatively cold glacier surface and
variable lapse rates should be applied. Using wind speeds measured on Midtdalsbreen in
the energy balance calculations for Storbreen and vice versa induces the largest changes in
modelled melt: a 17% increase on Storbreen and a 13% decrease on Midtdalsbreen. Wind
speeds from Sognefjellhytta affect the melt on Storbreen by less than 1%, while wind speeds
from Finsevatn reduce melt on Midtdalsbreen by 9%. Hence, on glaciers where the turbulent
fluxes contribute significantly to the total melt, local wind speed and air temperature measurements are required for an accurate calculation of the surface energy balance. Energy balance
models driven with data from outside the glacier boundary-layer need to be calibrated with
measurements made on the glacier. Alternatively, an energy balance model including glacier
boundary-layer processes could be applied (e.g. Denby, 1999).

4

4.6

Conclusions

We compared measurements made with two identical AWSs on Storbreen and Midtdalsbreen,
two glaciers in southern Norway, 120 km apart. Except for wind speed and wind direction,
daily mean values of all recorded variables exhibit simultaneous fluctuations of comparable
magnitude. Especially daily mean air temperature is highly correlated (r=0.98); the good
correlation persists when the seasonal cycle is removed (r=0.95). The average wind speed is
a factor 1.75 higher on Midtdalsbreen than on Storbreen. The wind climate on Midtdalsbreen
is mainly dominated by the large-scale circulation. On Storbreen, a katabatic wind develops
regularly and determines the dominant wind direction. Katabatic winds are also observed on
Midtdalsbreen, but less frequently, as wind speeds associated with the large-scale circulation
are much higher. On Midtdalsbreen, westerly winds are dominant.
Incoming and net solar radiation are larger on Midtdalsbreen, due to a higher atmospheric
transmissivity and an earlier disappearance of the snowpack than on Storbreen. In spring
and summer, thicker clouds on Storbreen result in more positive incoming and net longwave
radiation than on Midtdalsbreen. The turbulent fluxes are a factor 1.9 larger on Midtdalsbreen,
mainly due to the larger wind speeds, but secondly because the air is slightly warmer and more
humid.
On both glaciers net radiation is the largest contributor to surface melt, its relative contribution is larger on Storbreen (76%) than on Midtdalsbreen (66%). The importance of net
radiation decreases over the melt season, while the turbulent fluxes become more important.
Recorded snow depth at the two AWS sites generally shows simultaneous snowfall events of
comparable magnitude. The larger surface energy fluxes on Midtdalsbreen result in a larger
ablation rate and an earlier reappearance of the ice surface. The consequent drop in albedo
further enhances the difference in ablation at the two glaciers; annual ice melt is 70% larger
on Midtdalsbreen.
The absolute values and relative contributions of the surface energy fluxes to surface melt
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found for Storbreen and Midtdalsbreen lie within the range of values reported from energy
balance studies performed on glaciers at comparable latitudes, although the contribution of
net radiation for Storbreen is relatively large.
Recalculating the energy balance with meteorological variables measured outside the
glacier boundary-layer shows that large errors originate when differences in variables caused
by the glacier environment are not accounted for. Hence, an energy model driven with meteorological data measured outside the glacier needs to be calibrated with measurements made
on the glacier or should include a glacier-boundary layer model.
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A distributed mass balance model for
Hardangerjøkulen
In this chapter we present a spatially distributed energy and mass balance model for Hardangerjøkulen
and investigate the temporal and spatial variability of the mass balance for the period 1905–2005. The
mass balance model is coupled to an ice-flow model in Chapter 7 to study the dynamic response of
Hardangerjøkulen to climate change. Calculations were done on a 50 m rectangular grid to include
topographic effects. Parameterizations were calibrated and validated with annual mass balances measured by the NVE, Oslo on Rembesdalsskåka (1963–2005) and measurements from the two automatic
weather stations on Midtdalsbreen (2001–2005) and the summit (2005). Three different meteorological data sets were used as input to the model. Detailed records from synoptic weather stations in the
vicinity of the glacier are available from 1958 onwards. Secondly, the model was driven with ECMWF
re-analysis data (ERA-40: 1959–2001) and operational data (2002–2005). Before 1958, data from
Bergen were used. Modelling a realistic snow depth at the AWS location on Midtdalsbreen proves to be
difficult as the snow distribution is only measured on Rembesdalsskåka and is spatially highly variable.
However, measured ablation at the AWS site is well reproduced with all three meteorological input data
sets. We find good agreement between modelled winter and summer mass balance and NVE measurements, the highest correlations are obtained when using local meteorological data. In wet years, the
winter mass balance is underestimated with ECMWF and Bergen input data. Although surface slopes
are relatively small on Hardangerjøkulen, the modelled spatial mass balance distribution shows local
deviations from the altitudinal mean, indicating that including topographical effects on solar irradiance
has a significant effect on the results. The reconstructed mass balance record shows that the highest
interannual variability in the net mass balance occurred before the measurements were started in 1963,
with strongly negative net mass balances in the 1930s and 1940s.

Parts of this chapter and Chapter 6 are combined with Chapter 7 in: Giesen, R. H. and J. Oerlemans. Response
of the ice cap Hardangerjøkulen in southern Norway to the 20th and 21st century climates (paper in preparation).
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5.1

5

Introduction

Based on the 1965–2005 average mass balance profile, 70% of the total area of Hardangerjøkulen and 80% of the largest outlet glacier Rembesdalsskåka is located in a 230 m altitude interval above the average equilibrium-line altitude (ELA = 1635 m a.s.l., Fig. 2.2). A
small increase in the ELA will turn a large area from accumulation into ablation area, implying that Hardangerjøkulen is very sensitive to climate change (Nesje et al., 2008).
On Hardangerjøkulen, the interannual variability in measured net mass balances shows
a higher correlation with winter than with summer mass balances (Andreassen et al., 2005;
Nesje et al., 2008). To capture this variability, a mass balance model for the ice cap should be
able to simulate a realistic evolution of the snowpack through the accumulation and ablation
seasons. Because the major part of the total area is located at the highest altitudes, it is of
particular importance to obtain a good model performance in this area. A small modelling
error for the higher elevations results in a significant error in the area-averaged mass balance,
while a large error in the mass balance on the outlet glaciers has a much smaller effect.
We applied a spatially distributed mass balance model to Hardangerjøkulen to study the
spatial and temporal variability in the energy and mass balance and to reconstruct mass balances for the period 1905–2005. The model is based on a model developed for and applied
to Morteratschgletscher in Switzerland, by Klok and Oerlemans (2002) (hereafter referred
to as KO02). Since the climate at Hardangerjøkulen is very different from that on Morteratschgletscher (Sect. 3.7.3), several model parameterizations applied by KO02 needed to recalibrated or adjusted. For this purpose we used data from the two automatic weather stations
on Hardangerjøkulen (Sect. 2.1.2 and Ch. 3) and annual mass balance measurements from
the Norwegian Water Resources and Energy Directorate (NVE), Oslo (Sect. 2.2.1; Kjøllmoen
et al., 2006).
Similar to KO02, we use meteorological data from synoptic weather stations in the vicinity of the ice cap (<50 km) to drive the model. Such records are digitally available from
1957 onwards, but as a result of station closures and relocations none of the nearby stations
has a record spanning the entire period. We therefore had to use a combined record, which
may suffer from inhomogeneities. Although the stations will in general experience similar
weather conditions as observed on Hardangerjøkulen, specific local conditions around the
stations, for instance near-surface temperature inversions, could give rise to large differences
with the glacier site. As an alternative to using nearby weather station data, we ran the model
with ERA-40 reanalyses (1959–2001) supplemented with operational analyses (2002–2005)
from the European Centre for Medium-range Weather Forecasting (ECMWF). This record
is expected to be more homogeneous, although the availability of input data has changed
over the model period (Uppala et al., 2005). The ECMWF model records for meteorological
variables will not incorporate local effects, which can be both an advantage and a disadvantage. A longer simulation (1905–2005) was performed using data from the synoptic station
of Bergen, located 120 km west of the ice cap.
The chapter is organized as follows: we first give a short general description of the mass
balance model and describe the adjustments made to the original model by KO02 (Sect. 5.2).
In the subsequent section (Sect. 5.3), an overview of the meteorological input data sets is
given. The results are presented in Section 5.4, where we compare the modelled mass balances with measurements, focussing on the differences originating from using the three input
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data sets. We investigate the modelled mass balance variability on temporal and spatial scales
and present a reconstruction of the surface mass balance back to 1905. Furthermore, we analyse the climate sensitivity of the modelled mass balance.

5.2

Model description

5.2.1

Surface mass balance

The surface mass balance B in meters water equivalent (m w.e.) at each location on the glacier
is determined by three processes
Z

B=

[ Psnow − M − S ] dt,

(5.1)

where Psnow is the amount of solid precipitation, M is the mass removed by ablation at the
surface and S represents mass exchange with the air by sublimation or rime.
The energy available for melting Q (W m−2 ), is calculated from the surface energy balance:
Q − G = Sin + Sout + Lin + Lout + Hsen + Hlat .

(5.2)

Sin and Sout are incoming and reflected solar radiation, Lin and Lout are incoming and outgoing longwave radiation, Hsen and Hlat are the sensible and latent heat fluxes and G is the
subsurface heat flux. Heat supplied by rain is neglected, which is justified on glaciers with a
considerable mass turnover (Oerlemans, 2001). Fluxes directed towards the surface are defined positive. When the sum of the fluxes on the right-hand-side of Equation (5.2) is positive,
this energy is first used to heat the surface to the melting point; remaining energy is used to
melt snow or ice. The amount of melt M (m w.e.) is calculated from the melting energy Q:
M=

Q
.
Lm ρw

(5.3)

with Lm the latent heat of fusion (3.34·105 J kg−1 ) and ρw the density of water (1000 kg m−3 ).
Sublimation (S) is determined from the latent heat flux
S=−

Hlat
.
Ls ρw

(5.4)

where Ls (2.83 · 106 J kg−1 ) is the latent heat of sublimation. The model only keeps track of
changes in solid mass. When the surface is at the melting point, we assume there is meltwater
available for vaporization.
Refreezing of rain and meltwater in the snowpack is not included in the model, although
ice formation has been observed in Hardangerjøkulen’s accumulation area (Sect. 2.1.3; Laumann, 1972). Especially in the flat high parts the meltwater was found to drain slowly and
refroze when the winter cold set in. In the steeper, lower accumulation area most meltwater runs off and refreezing is smaller (Laumann, 1972). Also in spring, the first meltwater
will refreeze and heat the cold snowpack. The changes in the snowpack resulting from the
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refreezing process have opposite effects on the ablation. The heat released by refreezing
meltwater quickens ablation in spring, but the refrozen meltwater needs to be melted again.
Moreover, the ice layers formed will modify the albedo of the snow and firn. To realistically
simulate these processes, a sophisticated subsurface model with thin model layers is needed
to keep track of the snow temperature, density and water content. Hence, including a refreezing routine considerably increases the model run time. Because very few measurements
are available to test the performance of the subsurface model performance and the mass balance model produces realistic results without including refreezing, we decided not to include
refreezing.
The surface mass and energy fluxes were calculated for a rectangular grid with a horizontal resolution of 50 m, using a time-step of 60 minutes. Surface topography was derived from
a digital elevation model (DEM) of Hardangerjøkulen. The DEM has a resolution of 25 m
and is produced by the Norwegian Mapping Authority (Statens Kartverk), based on aerial
photographs from 1995. This surface topography is used in all model runs, as the model
does not include ice flow and associated surface height changes. We also do not incorporate changes in glacier area. The NVE mass balance measurements give a slighly positive
mean net mass balance (+0.1 m w.e.) for the measurement period 1963–2005. Hence, a constant surface topography seems reasonable for this period, during which Rembesdalsskåka
has both retreated and advanced (Kjøllmoen et al., 2006). In contrast, Rembesdalsskåka was
generally retreating in the earlier 20th century, suggesting that the surface was higher in the
first part of the model period.

5.2.2

5

Calibration with Midtdalsbreen AWS data

In this section, we shortly describe the parameterizations used in the energy and mass balance calculations and indicate modifications with respect to the KO02 model. For details
of the used parameterizations, we refer to the cited publications. Parameters in the parameterizations for the surface energy fluxes have been calibrated with data from the AWS on
Midtdalsbreen (Ch. 3). Measured air temperature, humidity, air pressure and cloud fraction
are used as input data for the parameterizations to determine the parameter values giving the
best match with measured Sin , surface albedo and Lin , as well as Hsen + Hlat calculated from
the AWS data (Ch. 3). A list of all model parameters and their calibrated values is provided
in Table 5.1, together with the values used by KO02. Furthermore, we determined the sensitivity of the modelled net mass balance to changes in the model parameters (Sect. 5.2.4), the
results are included in Table 5.1.
Cloud fraction
KO02 compute Sin at each grid cell from solar radiation measurements at a nearby weather
station. These measurements are also used to estimate the cloud fraction needed in the Lin
parameterization. Long records of incoming solar radiation are not available for the surroundings of Hardangerjøkulen, hence we use cloud observations to simulate Sin and Lin . Calibration of the Sin parameterization was performed with fractional cloud cover n estimated from
Lin measured at the AWS on Midtdalsbreen (Ch. 3). The Lin parameterization was also calibrated with this cloud fraction series, even though the data sets are not independent: n was
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Table 5.1: Parameter values used in this study and sensitivity of the annual net mass balance ∆Bn
(m w.e.) to changes ∆[par] in these values. For reference, values used by Klok and Oerlemans (2002)
(KO02) are also listed. The values for Γ and He listed here are used for extrapolation over the ice cap,
for extrapolation of the meteorological input data to the ice cap, different values are used (Sect. 5.3.2).
Parameter
Snow density
Ice density
Fresh snow albedo
Firn albedo
Ice albedo
Albedo time-scale
Albedo depth-scale
Thickness subsurface layers

Ice temperature z3 at the AWS
Factor in τas equation
Factors in τcl equation
Clear-sky albedo
Clear-sky emissivity of dry air
Factor in εcs equation
Exponent in εcs equation
Overcast sky emissivity
Cloud exponent in sky emissivity
Turbulent exchange coefficient for
the background flow
Threshold temperature for snow
Temperature lapse rate
Water vapour scaling height

Symbol
ρsnow
ρice
αfrsnow
αfirn
αice
t∗
d∗
δ z1

Unit
kg m−3
kg m−3

δ z2
δ z3
Tz3 ,AWS
k
a1
a2
αcs
εgh
b
m
εoc
p
Kb

m
m
K

Tsnow
Γ
He

K
K m −1
m

days
m w.e.
m

K m2 N−1

m s−1

KO02
350
900
0.90
0.53
0.34
21.9
0.0112
0.22

This study
400
900
0.69–0.90
0.53
0.35
21.9
0.001
0.10

2.78
7.0
273.15
0.92–0.96
0.233
0.415
–
0.23
0.433
8
0.984
2
0.0019
274.65
variable
–

2.9
7.0
271.8
0.972
0.353
0.124
0.064
0.23
0.447
8
0.990
1
0.0046–0.0110

∆[par]
+100
–50
–0.05
–0.05
–0.05
–10.0
+0.005
–0.05
+0.10
–1.0
–2.0
+1.0
–0.050
–0.050
–0.050
+0.050
+0.050
+0.050
–1
–0.050
+1
+0.0005

∆Bn
+0.02
–0.00
–0.30
–0.05
–0.06
–0.11
–0.03
–0.19
+0.05
–0.01
–0.00
–0.01
+0.32
–0.15
–0.12
–0.08
–0.24
–0.26
–0.03
+0.40
+0.37
–0.14

274.55
0.0065
2500

–0.50
–0.0005
–200

–0.15
–0.10
+0.03

109

5

5. A mass balance model for Hardangerjøkulen

derived from measured Lin . The Lin parameterization in our model has a better physical basis
than the simple method used to estimate n from the AWS data. Although the resulting parameter values will be influenced by the equations used to estimate n, we prefer using these cloud
fractions for the calibration above using cloud fractions measured at a different location.
Incoming solar radiation

5

The seasonal and diurnal variation of incoming solar radiation at the top of the atmosphere is
computed with astronomical relations from Iqbal (1983). Shading by surrounding topography
is computed from the DEM with algorithms by Dozier and Frew (1990). Shaded grid cells
only receive diffuse solar radiation. Incoming solar radiation is computed twice every hour
and averaged for an hourly value. The transmissivity of the atmosphere for solar radiation is
represented by a suite of five transmission coefficients τi . For the transmission coefficients
after Rayleigh scattering (R), absorption by permanent gases (g) and water vapour (w), and
absorption and scattering by aerosols (as), expressions from Meyers and Dale (1983) are
used, the cloud transmission coefficient τcl was determined following Greuell et al. (1997).
The total solar radiation impinging on a grid cell is finally multiplied by two factors to account
for multiple scattering of the clear sky and reflection of the surrounding slopes; these factors
were determined as described by Greuell et al. (1997).
Comparison of modelled incoming solar radiation with the irradiation measured by the
AWS on Midtdalsbreen revealed that modelled values are generally too low in the late winter
and too high at the end of summer. The cloud transmission coefficient τcl was found to vary
through the year for all cloud fractions, indicating changing cloud characteristics. Similar
to Greuell and Oerlemans (1986), who also report a seasonal variation in τcl , we added a
seasonally varying term ∆τcl of the form
∆τcl = n [c1 + c2 sin(ωt)] ,

(5.5)

with a period (2π/ω) of 12 months, c1 = −0.007 and c2 = 0.158. This function has a maximum on 28 March and a minimum on 26 September. The overall match between measured
and modelled Sin is good (Fig. 5.1a). On average, modelled Sin is only 0.3 W m−2 larger
than the measurements, with a standard deviation for daily means of 23 W m−2 . The largest
deviations are found for high values of n, indicating that skies with similar properties in the
longwave spectrum can behave differently in the shortwave range.
Surface albedo
Modelled incoming solar radiation is multiplied by the surface albedo to obtain reflected solar
radiation. For each grid cell, surface albedo is calculated according to Oerlemans and Knap
(1998). In their parameterization, snow albedo depends on the age of the snow. When snow
depth is small, the surface albedo is a function of both snow and ice albedo.
Compared to surface albedos measured at the AWS site, the snow albedo computed by our
model remains too high in spring (Fig. 5.2a), retarding the melt of the snowpack considerably.
KO02 also overestimate the spring snow albedo, but on Morteratschgletscher the effect on the
mass balance is smaller as snowfall events are less frequent and the snowpack is thinner than
on Hardangerjøkulen. Modelled albedo improved considerably by making the fresh snow
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Figure 5.1: Comparison of modelled and measured (AWS) values of (a) incoming solar radiation, (b)
incoming longwave radiation and (c) the turbulent fluxes. Shown are all daily values for the period October 2000 to September 2005. ‘Measured’ turbulent fluxes were calculated from the AWS observations
with an energy balance model (Ch. 3).

albedo dependent on air temperature during snowfall, which was incorporated in our model in
a simple way. When air temperature Ta is lower than 268.5 K, fresh snow albedo is still 0.90.
For Ta higher than 274.6 K, fresh snow albedo is set to 0.69. Linear interpolation between
these two values is used to describe fresh snow albedo for Ta between 268.5 and 274.6 K.
The snow albedo is also set to 0.69 when rain is falling on a snow surface with a higher
albedo. To reproduce the large albedo variations observed during summer snowfall events,
we use a significantly smaller value for the albedo depth-scale d∗ than KO02. Figure 5.2a
demonstrates that these modifications result in a good match with measured snow albedo
values and the timing of the ice reappearance. The modelled albedo at the summit AWS site
also corresponds well with the observed albedo during the 2005 summer season (Fig. 5.2b).
Our model does not keep track of the albedo of snow layers below the surface. In some
years, the winter snowpack melts away completely at all altitudes and the surface in the upper
part of the ice cap consists of snow accumulated during previous years. When this happens,
we set the snow albedo to the firn albedo to simulate the lower albedo of the old snow. The
effect on the total mass balance is small; at the higher altitudes summer snowfall events
frequently cover the old snow again.
Three Landsat satellite images of Hardangerjøkulen taken at 6 August 1988, 21 August
2002 and 15 September 2002 were used to retrieve a spatial albedo distribution over the ice
cap (Sect. 2.2.3; Giesen, 2004), applying a retrieval method described by Klok et al. (2003).
The spatial ice albedo pattern is quite homogeneous, with values generally around 0.35 on
the plateau and lower values (0.30) on the glacier tongues. Values below 0.20 are only found
in the ice marginal areas. However, there is a large spread (±0.10) between the ice albedos
retrieved from the three images. Temporal changes in ice albedo are not included in the
model, but appear to be larger than spatial differences. We therefore decided to use a spatially
and temporally constant ice albedo of 0.35, which is the mean value for all ice pixels in the
three images. This value is larger than the ice albedo calculated from the AWS measurements
on Midtdalsbreen in 2003 and 2004 (Fig. 5.2a), while the ice albedo at the AWS site in 2001
and 2002 is around or even larger than 0.35. The cause for these interannual differences
is unknown and can therefore not be simulated with the model. Although the estimated
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Figure 5.2: Surface albedo at the AWS site on (a) Midtdalsbreen (1450 m a.s.l., 2003–2004) and (b)
the summit of Hardangerjøkulen (1860 m a.s.l., 2005). Shown are measured albedo (grey), modelled
albedo with fresh snow albedo dependent on temperature (black), and modelled albedo with constant
fresh snow albedo of 0.9 (dashed). We used precipitation from the ECMWF (Sect. 5.3.1) for the model
run.

uncertainty in the ice albedo is large (±0.10), the model is not very sensitive to the ice albedo
value used (Table 5.1, Sect. 5.2.4); a realistic evolution of the snow albedo and the timing of
the ice appearance are much more important.
Longwave radiation

5

Incoming and outgoing longwave radiation are computed from the Stefan-Boltzmann equation. In the case of incoming longwave radiation, we use the grid cell air temperature and a
sky emissivity εsky calculated after Konzelmann et al. (1994)
εsky = εcs (1 − n p ) + εoc n p .

(5.6)

Here, εcs and εoc are the clear and overcast sky emissivities, respectively and p a parameter.
The clear sky emissivity contains a term dependent on the water vapour pressure ea and a
contribution by greenhouse gases other than water vapour εgh
 1/m
ea
.
(5.7)
εcs = εgh + b
Ta
For εgh and m, we adopted the values provided by Konzelmann et al. (1994) (see Table 5.1),
which are based on calculations with a numerical radiative band model. Our value for b
(0.447) is within the range of values found in other studies (Konzelmann et al., 1994; Greuell
et al., 1997; Klok and Oerlemans, 2002; De Ruyter de Wildt et al., 2003). The parameter
εoc was calibrated using all periods with n = 1. Our value (0.990) is closer to unity than
in other studies, which may be a result of the low and hence warm clouds often observed
at Hardangerjøkulen. The exponent p describes the relation between cloud fraction and incoming longwave radiation and depends on the cloud fraction definition. We find p = 1,
suggesting a linear relation, which is not surprising as we assumed a linear relation to derive the cloud fraction in the first place. Measured and modelled Lin are highly correlated
(Fig. 5.1b), which is to a large extent due to the connection between Lin and n.
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Outgoing longwave radiation was calculated from the surface temperature, assuming that
snow and ice emit as a blackbody. The surface temperature is determined with a subsurface
model, described later in this section.
Sensible and latent heat flux
The turbulent fluxes are a function of air temperature, humidity, air pressure, wind speed and
surface properties. The latter two are highly variable on temporal and spatial scales. Wind
speeds measured outside the glacier boundary-layer are not very suitable for turbulent flux
calculations, they are often poorly related to wind speeds on the glacier (e.g., Ch. 4 and Klok
et al., 2005). Following Klok and Oerlemans (2002), we use a relation by Oerlemans and
Grisogono (2002) to determine the turbulent fluxes from free-atmosphere variables:
Hsen

= ρa c p (Kkat + Kb )(Ta − Ts )

(5.8)

Hlat

= 0.622ρa Ls (Kkat + Kb )(ea − es )/p,

(5.9)

where ρa is air density, c p the specific heat of dry air and Kkat and Kb the turbulent exchange
coefficients for katabatic flow and the background flow, respectively. Ta and Ts are the air
and surface temperature, ea and es the air and surface water vapour pressure and p the air
pressure. The turbulent exchange coefficients are variables and represent the combined influence of wind speed and surface roughness on the turbulent exchange. KO02 compute Kkat
after Oerlemans and Grisogono (2002) and use a constant value for Kb . By doing so, they
assume that wind speed changes depend on the development of a katabatic wind situation. On
Midtdalsbreen, katabatic winds are only observed at low wind speeds, wind speeds induced
by the large-scale flow are generally much larger (Ch. 3). Moreover, wind speeds are significantly higher under overcast skies, resulting in turbulent fluxes of comparable magnitude as
for clear-sky conditions. To simulate these characteristics with the model, we removed Kkat
and use a variable Kb dependent on cloudiness. Based on the AWS data, Kb is taken constant (0.0046 m s−1 ) for n = 0, increasing linearly with cloudiness to values varying between
0.0074 m s−1 (July) and 0.0110 m s−1 (January) for n = 1. In contrast to KO02, who use Kb as
a tuning parameter to obtain agreement between calculated and observed ice melt, modelled
melt was not in any way tuned towards melt measured at the AWS site. The disadvantage
of our parameterization is that the cloud dependence of Kb makes the model more sensitive
to the cloud input data used, which may not always represent the real cloud situation. Modelled turbulent fluxes show reasonable agreement with the turbulent fluxes calculated from the
AWS data (Fig. 5.1c); more cannot be expected from our simple parameterization of the wind
speed. The sum of the modelled sensible and latent heat fluxes is on average 2 W m−2 larger
than the measured flux values, with a standard deviation for daily mean values of 16 W m−2 .
Subsurface heat flux
Similar to KO02, we compute the subsurface heat flux and the surface temperature by determining the heat conduction in a simple three-layer subsurface model. For the upper, second and third layer of the subsurface model we used layer thicknesses of 0.10 m, 2.9 m and
7.0 m, respectively. The lowest layer has a constant temperature. At the AWS altitude, we
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set the temperature of this layer to the deep-ice temperature calculated from the AWS data
(Tz3 ,AWS = 271.8 K, Ch. 3).

5.2.3

Altitudinal gradients

Temperature
Air temperatures and the deep-ice temperature are interpolated to other altitudes using a lapse
rate Γ of 0.0065 K m−1 , derived from temperature measurements from the AWS on Midtdalsbreen and the second AWS on the summit of the ice cap. A similar value was reported by
Green and Harding (1980) and is often used in studies by the Norwegian Meteorological
Institute (e.g. Hanssen-Bauer et al., 2003). A comparison of simultaneous air temperature
measurements at the two AWSs on Hardangerjøkulen shows a relation between the lapse
rate and cloudiness. Lapse rates are around 0.0075 K m−1 for 0.0 < n < 0.8, then quickly
decrease to 0.0057 K m−1 for n = 1. Although interesting, this result is based on a limited
number of measurements (3111), covering only part of the melt season. Based on the large
uncertainties, we decided not to apply a cloud dependent lapse rate. This keeps the cloud
fraction dependence of the results relatively simple and makes the results easier to interpret.
Humidity

5

Before interpolation to other altitudes, measured relative humidity is converted to water
vapour pressure ea by inserting the corresponding air temperature in the Clausius-Clapeyron
equation. As air pressure decreases exponentially with height, we also determine water
vapour pressure at each grid cell from an exponential function
ea (h) = ea (h0 ) exp{−(z − zmet )/He },

(5.10)

where z and zmet are the altitudes of the grid cell and the weather station, respectively. A
scaling height value He = 2500 m was found to give the best fit between simultaneous water
vapour pressures at the Midtdalsbreen and summit AWSs.
Air pressure
For air pressure, we prescribe an exponential decrease with altitude. Based on a comparison
of air pressures measured at the synoptic stations Slirå and Bergen of the Norwegian Meteorological Institute (Table 5.2) during the period 1957–1968, we applied a seasonally varying
scale height for air pressure, ranging between 7940 m (1 February) and 8310 m (2 August).
Cloudiness
We apply a single cloud fraction value for the entire ice cap. Incoming solar radiation measured at the summit AWS does not show significant differences from the measurements at the
Midtdalsbreen AWS; there is no indication that cloud properties are very different at these
two locations.
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Turbulent fluxes
Compared to surface ablation measured by NVE, surface melt produced by the model was too
small at altitudes above approximately 1650 m a.s.l. and the difference increased with altitude.
Obvious causes could be the parameterizations of solar irradiance, the surface albedo or the
turbulent fluxes. The discrepancy was seen in most years and did not seem to depend on the
snow-line altitude, rendering surface albedo a less likely candidate. Moreover, modelled surface albedo at the summit corresponds well to the albedo calculated from the measurements
at the summit AWS (Fig. 5.2b). Different cloud conditions or the smaller optical thickness
of the atmosphere could result in enhanced solar incoming radiation at the plateau, but a
comparison of the solar irradiance measured at the two AWSs on Hardangerjøkulen does not
suggest that incoming solar radiation is significantly higher at the plateau. Furthermore, modelled incoming solar radiation for the summit area is well correlated with measured values
(r = 0.90 for daily mean values), with modelled values being 5 W m−2 higher on average, instead of lower. Turbulent fluxes have not been calculated from the summit AWS data because
there is no information on surface roughness. Furthermore, the data contain gaps and are not
very accurate due to possible riming of the sensors. The modelled turbulent fluxes could be
underestimated on the plateau as a result of a too low modelled air temperature, air humidity
or turbulent exchange coefficient. Modelled air temperature corresponds well with measured
values at the summit, while air humidity is underestimated on some days. However, this could
also be an artefact due to riming of the humidity sensor. On Hardangerjøkulen, the altitude of
1650 m a.s.l. coincides with the transition from the steeper and more sheltered outlet glaciers
to the open and rather flat plateau (Fig. 2.2). A comparison of wind speed measurements from
the AWSs on the summit and on Midtdalsbreen for the summer of 2005 shows that in general
wind speeds are a factor 1.25 higher on the plateau. When the surface is snow covered at
both AWSs, the surface roughness is expected to be similar, while the surface roughness will
generally be larger at the Midtdalsbreen AWS in summer. Hence, the turbulent exchange can
be 1.25 times higher at the summit station, at maximum. However, a factor 1.4 is needed to
obtain modelled ablation values comparable to the NVE measurements. The underestimated
ablation in the accumulation area is likely a combined effect of small factors; the observations
are too limited to identify these processes. Because the turbulent fluxes have the largest uncertainty, we let the turbulent exchange coefficient increase linearly by a factor 1.2 per 100 m
altitude interval above 1650 m a.s.l. Hence, the turbulent exchange coefficient at the summit
AWS is a factor 1.42 larger than at the AWS site on Midtdalsbreen.
Precipitation
Precipitation is assumed to fall as snow when the air temperature is below 1.4◦ C. This value
is reported from meteorological measurements on Rembesdalsskåka in the summer of 1965
(Pytte and Liestøl (eds.), 1966). KO02 prescribe a linear increase in precipitation with altitude. The mean altitudinal profile of winter balances measured by NVE shows that on
Rembesdalsskåka, winter accumulation generally increases with altitude, but decreases again
for altitudes above 1800 m a.s.l. (Fig. 5.3), likely the effect of snowdrift. A snowdrift routine
after Liston and Sturm (1998) was tested for Hardangerjøkulen, but could not produce the
decrease in snow accumulation towards the summit because the local surface slope is very
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5

small. Hence, no snowdrift routine was included in the model. Another possibility is that
topographic effects cause a precipitation decrease towards the top. As we were not able to
model the spatial precipitation distribution on Rembesdalsskåka in a physical way, we chose
a simple approach. An altitude-dependent multiplication factor was derived from the mean
modelled and measured winter accumulation profiles on Rembesdalsskåka. The shape of the
profile is modelled as a combination of two second-order polynomials and is prescribed for
all the outlet glaciers. Using a simple parameterization based on the altitudinal profiles from
Rembesdalsskåka alone will certainly result in errors in the spatial precipitation distribution
on the other outlet glaciers and on Rembesdalsskåka itself. However, the precipitation per
altitude interval will be reasonable for Rembesdalsskåka, which is the largest outlet glacier
and covers 32% of the area above 1700 m a.s.l.
As a result of the prevailing south-westerly winds and the mountain chain along the Norwegian west coast, annual precipitation quickly decreases from the coast to the inland areas
(Fig. 1.4). This gradient is also expected to be present over Hardangerjøkulen; precipitation at meteorological stations south-west of the ice cap generally receive more precipitation
than stations north and east of Hardangerjøkulen. Deriving a spatial gradient over Hardangerjøkulen from snow depth measurements on the ice cap is not possible, because the spatial distribution is only known for Rembesdalsskåka and a simple relation to the temporal
measurements at the AWS site on Midtdalsbreen could not be established. Meteorological
records from stations in the vicinity are too sparse to produce a sophisticated spatial interpolation function. To include the assumed differences in precipitation on the windward and
lee sides of Hardangerjøkulen, we impose a linear south-west–north-east (SW–NE) precipitation gradient over the ice cap. This gradient ranges from a 7% increase in precipitation on
the tongue of Rembesdalsskåka to a similar precipitation reduction on the tongue of Blåisen
and is based on the annual precipitation received at two meteorological stations on opposite
sides of the ice cap (Liset and Finse, for location and station information, see Fig. 5.5 and
Table 5.2).

5.2.4

Sensitivity tests

The sensitivity of the model to the values chosen for the model parameters was assessed
by changing the model parameters ∆[par] within the uncertainty range and computing the
corresponding change in the modelled annual mass balance ∆Bn . In addition, we analysed
the altitudinal variation in the modelled surface energy fluxes and the sensitivity of the mean
fluxes to changes in atmospheric variables. The tests were performed with air temperature,
relative humidity and cloudiness derived from the AWS measurements on Midtdalsbreen
and span the period 2001–2005. As precipitation is not measured at this AWS, we use the
ECMWF precipitation record (Sect. 5.3.1).
Mass balance sensitivity to choice of parameter values
All parameters defined as a fraction between 0 and 1 were perturbed by ±0.05, if possible
in the direction of increased melt. Of all these parameters, the model results were found to
be most sensitive to a perturbation in εoc . On Hardangerjøkulen, overcast conditions occur
frequently during the melt season (Ch. 3) and under these conditions, a 0.05 reduction in εoc
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Figure 5.3: The altitudinal distribution of the measured winter mass balance for a selection of 18 years
(thin lines) and the mean profile (thick line) for the 33 years between 1965–2005 with data available
from NVE.

means a 5% decrease in Lin . The longwave radiative fluxes are the largest fluxes in the energy
balance and Lin is maximum for overcast skies. Hence, perturbing εoc induces a large absolute change in the surface energy balance and significantly affects the amount of melt. The
mass balance is particularly sensitive to almost all parameters in the Lin parameterization,
compared to the parameters for the other energy fluxes. As some of our parameter values
differ considerably from the values used by KO02, this result indicates that a thorough calibration with local data is needed. In fact, when the parameters values from KO02 (Table 5.1)
are used to calculate Lin in the mass balance model, ∆Bn is as large as +0.49 m w.e.
A large mass balance sensitivity is also found for k, the parameter in the transmission
coefficient for aerosol attenuation τas . Our value is larger than values used by KO02, Greuell
et al. (1997) and De Ruyter de Wildt et al. (2003). This result suggests that the air over
Hardangerjøkulen contains less aerosols that reduce incoming solar radiation than the air over
the European Alps or Iceland. However, this is not confirmed by measurements (M. Schaap,
pers. comm.). The parameter k is the only calibrated parameter in the clear-sky solar irradiance calculation. It is tuned with observed incoming solar radiation and thereby includes
possible errors in the parameterizations of the other transmission coefficients.
Regarding surface albedo, the modelled mass balance is found to be much more sensitive
to the albedo value used for fresh snow than to the values chosen for the firn and ice albedo.
Even in summer, a large part of the surface at Hardangerjøkulen consists of snow; a small
decrease in the snow albedo will lead to a relatively large increase in net solar radiation and
ablation. Furthermore, increased melt of the snowpack will lead to an earlier disappearance
of the snowpack at lower altitudes, exposing the ice with a lower albedo.
The model results are found to be sensitive to a factor two reduction of the first subsur117
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face layer depth δ z1 , while a doubling of the layer thickness only gives a small change in
the net mass balance. Inspection of hourly surface temperatures modelled for the AWS site
on Midtdalsbreen showed that during certain periods, mainly in autumn, the daily cycle in
surface temperature modelled with δ z1 = 0.05 m is much larger than for larger δ z1 . A layer
thickness of δ z1 = 0.05 m is clearly too small for the chosen time-step: the subsurface model
becomes unstable. No instabilities occur for δ z1 = 0.1 m and 0.2 m. The modelled daily cycle in Ts is only slightly smaller for δ z1 = 0.2 m than for 0.1 m and modelled and measured
surface temperatures agree well.
Energy flux sensitivity to changes in atmospheric variables

5

The modelled mean May–September energy fluxes all decrease with height (Fig. 5.4a), although Hsen becomes approximately constant above 1600 m a.s.l., a result of the imposed
increase in the turbulent exchange coefficient (Sect. 5.2.3). The smaller gradient in Snet at the
lowest altitudes is associated with reduced Sin on the lower parts of Rembesdalsskåka due to
topographical shading. Even at the summit, a considerable amount of energy is available for
melting. At all altitudes, Snet is the largest contributor to the melt energy, in the upper parts it
is only slightly smaller than Q, as the turbulent fluxes almost cancel against Lnet . In the lower
parts, Lnet is less negative and the turbulent fluxes contribute more to the melt energy.
A change in air temperature of ±0.5 K has a much larger effect on Q than changes of
±0.05 in cloudiness or relative humidity (Fig. 5.4b). For a positive (negative) change in air
temperature all fluxes increase (decrease), while a change in cloudiness has opposite effects
on Snet and Lnet , resulting in a small sensitivity of Q to changes in cloudiness. The turbulent
fluxes are only slightly affected by changes in cloudiness, which is surprising because the turbulent exchange parameter is dependent on cloudiness. Apparently, in the case of increased
cloudiness, the increase in surface temperature resulting from increased Lin compensates the
effect of increased wind speed on the turbulent fluxes and opposite for the case of reduced
cloudiness. Changes in air temperature have the largest effect on Snet through the dependence
of the snow albedo on air temperature, while Lnet is most affected by cloud changes. Hlat is
very sensitive to changes in relative humidity, while the humidity sensitivity of Lnet is small.

5.3
5.3.1

Meteorological input data
Data sets

Local stations (1957–2005)
From 1957 onwards, digitized data from weather stations in the vicinity of Hardangerjøkulen
are available from the Norwegian Meteorological Institute (NMI, see Fig. 5.5 and Table 5.2).
We mainly used records from the nearest station, which is located north of Hardangerjøkulen.
This station was relocated and renamed two times during the period considered, subsequently
being called Slirå, Finse and Finsevatn. Slirå and Finse were manned stations, while Finsevatn is an automatic weather station. At Slirå, all necessary variables were measured. Air
pressure was not measured at Finse, for which we use data from Voss. From Finsevatn we
only use air temperature and air pressure measurements, the relative humidity and precipita-
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Figure 5.4: Mean May–September energy fluxes on Hardangerjøkulen for the period 2001–2005 based
on AWS meteo records, with (a) mean values for 50 m height intervals and (b) the change in the mean
fluxes for changes in the atmospheric variables air temperature, cloudiness and relative humidity.
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tion records contain large gaps and are unreliable. Cloudiness is not measured at Finsevatn.
Precipitation is taken from measurements at Liset, which despite its location on almost the
opposite side of Hardangerjøkulen as Slirå and Finse, has a very similar interannual variability in winter precipitation. For the overlap period 1974–1993, the correlation coefficient of
annual November–March precipitation at Finse and Liset is 0.97. From 1994 onwards, we
use relative humidity and cloud fraction observations from Eidfjord Bu. Compared to Slirå
and Finse, Eidfjord Bu is located relatively far from Hardangerjøkulen. Still, the frequency
distribution of cloud fractions at Eidfjord Bu and Finse is similar. Moreover, for the overlapping period (1978–1994), the mean cloud fraction is equal and the cloud fraction records
show simultaneous fluctuations. We expect that using cloudiness from Eidfjord Bu will give
more realistic results than prescribing a cloud fraction, because inter-daily and interannual
variations are preserved. Air temperature measured at Eidfjord Bu is used to compute ea
from the relative humidity measurements. At Liset, precipitation is measured once a day at
6 UTC, at Slirå and Finse measurements were made at 6 and 18 UTC. The other variables are
measured at 6, 12 and 18 UTC, sometimes measurements were made at 0 or 9 UTC as well.
Hourly data are available for Finsevatn.
ECMWF data (1958-2005)

5

In addition to the model runs with meteorological data from synoptic weather stations, the
mass balance model was driven with European Centre for Medium-range Weather Forecasting (ECMWF) model data. We use ERA-40 reanalyses for the period 1958–2001 (Uppala
et al., 2005) supplemented with ECMWF operational analyses (2002–2005). The ERA-40
analyses and operational runs were performed on different grids, for both grids the four gridpoints surrounding the ice cap are shown in Fig. 5.5. Air temperature, relative humidity, air
pressure, cloudiness and precipitation data are taken from gridpoint 3 at 60.0◦ N, 6.0◦ E and
treated as if being measurements from a synoptic weather station at the corresponding altitude. This grid-point was chosen for two reasons. Data from both grid-points west of the ice
cap (1 and 3) show better agreement with the AWS measurements than data from the easterly
grid-points (2 and 4). For instance, the seasonal variation in temperature and the timing of
precipitation events at the western grid-points are more similar to the AWS records, probably
because these grid-points are situated in the maritime zone which is influenced by similar
weather conditions as Hardangerjøkulen. The main reason for selecting the south-westerly
and not the north-westerly grid-point was that the southern grid-point represents approximately the same location in both data sets. All meteorological data are available at 6 hourly
intervals (0, 6, 12 and 18 UTC), for precipitation we used 24-hour forecast values. By using
only the last 12 hours of the forecasts started at 0 and 12 UTC, we reduce spin-up effects in
the ECMWF precipitation (Betts et al., 2003).
Bergen (1904–2005)
Before 1957, the nearest synoptic station with available data is the NMI station in Bergen
(Fig. 5.5 and Table 5.2), located approximately 120 km west of Hardangerjøkulen. We use
records from 1904 onwards, when measurements were started at Bergen Fredriksberg. For the
period 1904–1949, only measurements of air temperature, relative humidity and precipitation
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are available. After 1950, more meteorological variables are available for Bergen, but we
only use air temperature, relative humidity and precipitation for the entire period until 2005.
In this way, the performance of the model with the limited data set from Bergen could be
compared to results with the more extensive input data set from nearby weather stations. Air
temperature and relative humidity are measured at 6, 12 and 18 UTC, for Bergen Florida
measurements at 0 UTC are also available, increasing to 3-hourly data in 1996 and hourly
data in 1998. Precipitation is measured twice a day (6 and 18 UTC).

5.3.2

Implementation in the model

The model years do not correspond to calendar years, but run from 1 October in the previous year to 30 September in the corresponding calendar year. In this way, a model year
approximately contains one mass balance year, consisting of an accumulation season and
the following ablation season. Model results can then easily be compared to the NVE mass
balance measurements which are generally carried out around 1 October. The meteorological input data sets generally start on 1 January, meaning that the first model year can only
start at 1 October of that year. Hence, model runs are performed for the mass balance years
1958–2005, 1959–2005 and 1905–2005 with the local, ECMWF and Bergen input data sets,
respectively.
Air temperature
The model needs hourly input data for air temperature. The hourly measurements from Finsevatn and the last seven years from Bergen could be used directly. For the data sets with
three or four measurements per day, the daily cycle was simulated by a sine function fitted
through the available measurements. Temperature measurements from Bergen after 1996
were linearly interpolated between the 3 hourly values. For each time-step, we first compute
the corresponding temperature at the AWS altitude with a seasonally varying lapse rate. A
seasonal cycle is necessary to correct for differences in the boundary-layer structure at the
meteorological station and the glacier surface (Ch. 4). We use separate lapse rates for each
data set, determined from the difference in monthly mean values for the input data and the
AWS measurements for the period 2001–2005. Separate fits were made for the ERA-40 data
over 2001 and the operational ECMWF data over 2002–2005. Because the seasonal cycles of
air temperature at Slirå, Finse and Finsevatn are very similar, we assume that the lapse rates
derived from Finsevatn measurements also apply to Slirå and Finse data; a direct comparison
with AWS measurements is not possible. The computed temperature at the AWS altitude is
extrapolated over the ice cap using a single lapse rate (Sect. 5.2.3). Note that this approach
preserves differences in daily cycles between the data sets.
Humidity
Relative humidity measurements were linearly interpolated between measurement times to
create an hourly input data set. As for the extrapolation of humidity values over the ice cap
(Sect. 5.2.3), we use constant scale heights for water vapour pressure to extrapolate humidity
input data to the AWS altitude. These scale heights were derived from a comparison with
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Table 5.2: NMI weather station and ECMWF gridpoint information and overview of the data used as
model input. The distance given is the approximate distance to the centre of Hardangerjøkulen. The
period indicates the mass balance years for which the data was used.
Station name

Altitude
(m a.s.l.)

Distance
(km)

5.32

41

120

60.38

5.33

12

120

25900

60.62

7.42

1300

9

Finse

25840

60.60

7.50

1224

8

Voss Bø
Finsevatn

51590
25830

60.65
60.59

6.50
7.53

125
1210

55
9

Eidfjord Bu

49580

60.47

6.86

165

35

Liset

49750

60.42

7.27

748

15

ECMWF gridpoints
ERA-40 3

59.99

6.00

528

95

ECMWF 3

60.00

6.00

460

95

NMI stations
Bergen
Fredriksberg
Bergen
Florida
Slirå

5
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WMO nr.

Latitude
(◦ N)

Longitude
(◦ E)

50560

60.40

50540

Meteorological
variable

Period

Air temperature
Precipitation
Air temperature
Precipitation
Air temperature
Relative humidity
Air pressure
Cloudiness
Precipitation
Air temperature
Relative humidity
Cloudiness
Precipitation
Air pressure
Air temperature
Air pressure
Air temperature
Relative humidity
Cloudiness
Precipitation

1905–1984

Air temperature
Relative humidity
Air pressure
Cloudiness
Relative humidity
Precipitation
Air temperature
Relative humidity
Air pressure
Cloudiness
Relative humidity
Precipitation

1985–2005
1958–1969

1970–1993

1970–1993
1994–2005
1994–2005

1994–2005

1959–2001

2002–2005
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water vapour pressure calculated from the Midtdalsbreen AWS data, giving 2500 m for the
local data, 2100 m for the ECMWF data set and 2300 m for the Bergen data set.
Air pressure
Air pressure input data were not interpolated to obtain hourly values, we only calculate the air
pressure field at the measurement times. For the extrapolation of air pressure measurements
to the ice cap grid cells, we use the seasonally varying scale height (Sect. 5.2.3).
For the model runs with data from Bergen, we prescribe a seasonally varying air pressure
at the AWS altitude with a sine function, based on the AWS measurements. The model results
show little sensitivity to the way air pressure is parameterized. Even a systematic lowering of
the air pressure by 20 hPa affects the annual net mass balance by mere centimetres.
Cloudiness
The cloud fraction input data were linearly interpolated between measurement times to create
an hourly input data set. The parameterizations for incoming solar and longwave radiation
and the turbulent fluxes are functions of the cloud fraction. The parameters were calibrated
with cloud fractions estimated from the Midtdalsbreen AWS (Section 5.2.2), which are defined in a different way than cloud fraction observations (NMI stations) or modelled cloud
fractions (ECMWF). Still, we expect that n = 0 and n = 1 correspond to similar cloud situations in all three definitions. To be able to use the same parameterizations for all data sets, we
fitted a function to the cloud data of the form nAWS = nxNMI/ECMWF . This resulted in x-values
of 1.412 for the NMI data and 1.189 for the ECMWF data. By applying these exponents, the
mean values of the AWS and local cloud fractions over 2001–2005 are equal (0.61), while the
mean ECMWF cloud fraction is higher (0.66), a result of more cloudy conditions in spring.
For runs with the Bergen data set, we prescribe the cloud fraction. As demonstrated in
Section 5.2.4, the sensitivity of modelled melt energy to changes in cloudiness is relatively
small due to counteracting effects on Snet and Lnet . We therefore expect that a simple cloud
parameterization will not introduce large errors in the modelled mass balance. We derived
a seasonally varying sinusoidal function from the AWS measurements. The cloud fraction
varies between 0.538 (2 May) and 0.666 (1 November). Using this parameterization produces a seasonal cycle in Sin and Lin very similar to the AWS measurements, overestimating
monthly values of both fluxes by less than 4%.
Precipitation
The daily precipitation sum from the input data is distributed evenly over the day in the
model. The measurement period at the NMI stations does not coincide with a calendar day.
We prescribe the precipitation sum measured between 6 and 6 UTC the following day on the
first day, hence the record is shifted 6 hours backward. For each precipitation data set (Slirå,
Finse and Liset, ERA-40, ECMWF operational and Bergen) we determined a multiplication
constant to relate measured precipitation to accumulation at the ice cap. To this end, we modelled the annual winter balance on Rembesdalsskåka for all the years in the data set and fitted
these values to measured winter balances from NVE, using the relation Bw,NVE = f · Bw,model .

123

5

5. A mass balance model for Hardangerjøkulen

In this way, the total amount of winter accumulation is constrained to the measured winter balance, but interannual variations are preserved. While this method ensures a realistic
amount of winter precipitation on the ice cap, we found that summer precipitation is much
higher with the Slirå and Finse records than with the other records. As a result, more snow
was added in the higher parts during summer snowfall events, creating a too positive mass
balance. We suspect that at the windy, high altitude stations Slirå and Finse the snow undercatch is high in winter. Because we scale the winter precipitation to realistic values, summer
precipitation consequently becomes too large. To correct for this effect, we multiply precipitation from these two stations by 0.5 whenever the station temperature is above the threshold
temperature for snow. This factor is estimated from a comparison of the seasonal variation
in precipitation for the local stations, Bergen and ECMWF output. It lies in the range of correction factors found for precipitation measurements on Svalbard, where wind exposed areas
also suffer from significant precipitation undercatch (Førland and Hanssen-Bauer, 2000).

5.4

5

Results

In this section, we present the results of the model runs with the three different input data sets.
Special emphasis is given to temporal variability caused by differences between the input data
sets. We first compare modelled accumulation and ablation with the surface height change
measurements at the AWS site on Midtdalsbreen (Sect. 5.4.1). We investigate the separate
effects of differences in the precipitation records and differences in the sets of air temperature,
relative humidity and cloudiness, which will be called meteo records in the following. Next,
modelled winter, summer and net mass balances for Rembesdalsskåka are compared to NVE
measurements (Sect. 5.4.2). We investigate the temporal variation of the cumulative mass
balance through the year at different altitudes on Rembesdalsskåka and estimate the length
of the melt season at these altitudes (Sect. 5.4.3). The dates with the local maximum and
minimum mass balance are compared with the NVE measurement dates. In Section 5.4.4,
we show the spatial distribution of the summer, winter and net mass balance, including the
local deviation from the altitudinal mean value. Mass balances reconstructed back to 1905
are compared with temperature and precipitation anomalies and the cumulative mass balance
over 101 years is presented (Sect. 5.4.5). Finally, we analyse the mass balance sensitivity of
Hardangerjøkulen to changes in air temperature and precipitation (Sect. 5.4.6).

5.4.1

Surface height at the AWS location

We compare the temporal relative surface height change modelled with the three input data
sets with measured surface height at the AWS location on Midtdalsbreen. The surface height
record from the AWS contains gaps, mainly in the ablation season, which are filled with ablation calculated from the AWS measurements using a sophisticated energy balance model
(Ch. 3). The modelled mass balance curves (m w.e.) are converted to surface height change
curves (m) by using constant snow and ice densities (Table 5.1) for the periods with or without a snowpack present, respectively. As snow density varies with time and location in the
snowpack, the modelled surface height may be underestimated in early winter (low density)
and overestimated in spring (high density). Nevertheless, only the modelled mass balance

124

5.4. Results

is used to determine when the snowpack disappears in spring; from this moment onwards,
uncertainties in snow density no longer complicate the comparison with measurements.
The model was first driven with the AWS meteo record (air temperature, humidity and
cloudiness) and the three precipitation records. Comparable snowfall is produced in the three
runs, except for 2001, while the difference with measured snow depth is large in three of the
five years (Fig. 5.6a). In the winters 2000/2001 and 2001/2002, differences originate directly
at the start of the season; in the second half of the winter, snowfall is comparable. The opposite occurs in 2004/2005, where modelled and measured snowfall are very similar in the first
months of the accumulation season, the surface height curves only diverge after December.
As a result, net ablation shows the largest deviations from the measurements at the end of the
ablation seasons of 2001, 2002 and 2005. In 2003 and 2004, modelled snow depth is similar
to the observed snow depth and measured net ablation is better reproduced. The modelled
start of the melt season and the changes in ablation through the summer season resemble the
observations well, once more confirming that the model includes realistic representations of
the surface albedo and energy fluxes at the AWS location.
Second, we investigate the effect of different meteo records, by running the model with
four different meteo data sets and ECMWF precipitation. Similar results are obtained in all
four runs (Fig. 5.6b), hence replacing the AWS measurements by a different meteo record
still gives realistic ablation at the AWS location; provided that the meteo records are well
calibrated. With the ECMWF meteo record, slightly more melt is produced in spring and
autumn than with the other records, probably a result of small differences in air temperatures
and cloudiness. Spring ablation is slightly smaller with the local meteo record than with the
AWS run, mainly in 2002 and 2003. This could be due to low night temperatures in clear-sky
nights at Finsevatn (Sect. 4.5.3). The variability between the results for the different data sets
does not increase when the combination of meteo and precipitation records is used (Fig. 5.6c),
which indicates that there are no systematic errors introduced by using either of the data sets.

5.4.2

Comparison with mass balance measurements

In the annual NVE reports (e.g. Kjøllmoen et al., 2006), mass balance values are presented
for every 50 m altitude interval, based on an interpolation between the measurements. The
interpolated profile is combined with the altitude-area distribution of the glacier to obtain the
total mass balance in the Rembesdalsskåka basin. Based on the experience of many years of
extensive measurements, the measurement network on Rembesdalsskåka was reduced in the
1970s (H. Elvehøy, pers. comm.). While the stake network was dense in the early years, since
1985 the net balance is obtained from stakes at three to six locations, mainly at the higher
altitudes. For the winter balance Bw , the stake readings are complemented by snow depth
soundings on the plateau above 1500 m a.s.l. The dates on which the winter and net mass
balance are measured vary over the years. For the years with a reported winter balance measurement date, we determined the modelled mass balance on the same date, for all other years
the mass balance on day 140 (20 May) is compared with measured Bw . The modelled net balance is always shown for 30 September; for most years the difference with the mass balance
on the NVE measurement date is small. Furthermore, differences in the net mass balance due
to different reference dates disappear when mean or cumulative values are considered.
The mean altitudinal mass balance profile for Rembesdalsskåka, calculated from the 33
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Figure 5.6: Measured and modelled surface height at the AWS location on Midtdalsbreen with (a) the
AWS meteo (air temperature, humidity and cloudiness) record and variable precipitation records, (b)
variable meteo records and ECMWF precipitation and (c) both the meteo and precipitation records from
three different data sets. The labels indicate the records used for the meteo and precipitation input in
the order ‘meteo/precipitation’.
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Figure 5.7: Altitudinal profiles of the measured and modelled winter, summer and net mass balance for
Rembesdalsskåka for 33 years in the period 1963–2005, using the three different input data sets. The
squares indicate the NVE measurement altitudes in recent years with a reduced measurement network.

years with interpolated profiles available from NVE, is shown in Fig. 5.7. The approximate
measurement altitudes used in recent years are indicated by black squares. The modelled altitudinal mass balance profiles for Rembesdalsskåka show good agreement with the measured
values. Of course, the winter balance profile was prescribed and the summer balance in the
upper part was to some extent tuned with the variable turbulent exchange coefficient. Still,
the good correspondence is not an obvious result of the tuning, because only the mean profile
was tuned and the interannual variation in the mass balance is large. Differences between
model results and measurements are larger at the lower altitudes, but in this area mass balance (point) measurements are limited and the interpolated mass balance curves have a larger
uncertainty. Modelled summer balances are slightly more negative when using ECMWF
data, primarily the result of a slightly lower albedo, probably related to less summer snowfall
events. With local and Bergen data, the mean equilibrium-line altitude (ELA) lies within 5 m
of the ELA obtained from the measurements (1635 m a.s.l.). The ELA modelled with the
ECMWF data is located 30 m higher. The decrease of the summer balance altitudinal gradient in the accumulation area is due to the smaller gradient in surface albedo and the slower
decrease in the turbulent fluxes above 1650 m a.s.l. (Sect. 5.2.3).
In Fig. 5.8, modelled winter, summer and net mass balance for Rembesdalsskåka are compared with NVE measurements for individual years. The overall agreement between model
results and measurements is good for all three input data sets. The highest correlation coefficients (r) are found for the winter and net balance, the interannual variability in the summer
balance appears to be more difficult to simulate with the model. For all three components, the
best correlation is obtained by using local input data. For both the ECMWF and the Bergen
input data, the winter balance is underestimated in the four wettest years. This could imply
that the precipitation anomaly is larger in the surroundings of Hardangerjøkulen compared
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to Bergen and the ECMWF grid-point. With Bergen input data, the modelled mean summer
balance is +0.24 m w.e. larger than the measured value, resulting in a higher than observed
net balance in most of the years, although the differences are generally small. The correlation between measured and modelled mass balances did not significantly increase when only
years were compared for which the mass balance measurement dates are known.

5.4.3

5

Temporal and altitudinal variation in the cumulative mass balance

To investigate the temporal evolution of the surface mass balance at different altitudes, we
looked at the cumulative mass balance at six grid-points on Rembesdalsskåka separated by
150 m altitude intervals. The grid-points are approximately situated on the flowline of the
glacier and cover the entire altitude range. We selected the mass balance years 1987 to 1990,
because they include both a year with a very negative net balance (1988) as well as the year
with the most positive net balance of the 101 model years (1989). The run with local input
data was chosen; with ECMWF or Bergen precipitation the winter balances of 1989 and
1990 are underestimated. When local input data is used the modelled winter, summer and net
balance for each of these four years differ less than ±0.25 m w.e. from the measured values.
Although ablation is slightly smaller at the summit (1860 m a.s.l.), the modelled surface
mass balance is more positive at 1750 m a.s.l. (Fig. 5.9), a result of higher accumulation at
this altitude. Due to the more strongly increasing precipitation gradient above 1450 m a.s.l.,
mass balance differences are much larger between 1450, 1600 and 1750 m a.s.l. than between
1150, 1300 and 1450 m a.s.l.
Looking at the individual years, we see that in the model, winter accumulation typically
begins around the beginning of October and starts earlier at the higher altitudes. Furthermore,
accumulation dominates longer over ablation in the upper parts. Ablation commences in early
April at low altitudes, while in the accumulation area, the modelled annual maximum in the
cumulative mass balance is often reached in the first half of May. The difference in the
maximum mass balance date at 1150 m a.s.l. and the summit is as large as 53 days in 1989,
but in 1990 the mass balance started to decrease almost at the same moment at all altitudes,
probably because no significant snowfall occurred in the late spring.
These altitudinal differences in the start and end of the melt season show that there is
no ideal date for measuring the annual maxima and minima in the cumulative mass balance
at all altitudes. The interannual variability in these dates was studied by logging the days
with maximum and minimum modelled cumulative mass balance in each calendar year for
the six grid-points described above. Note that we here select the maximum and minimum
in each calendar instead of mass balance year, because the minimum in the mass balance is
often reached after 1 October, especially at the lower altitudes. Over the entire model period,
the variability in the day with maximum and minimum cumulative mass balance is much
higher in the upper part of the ice cap (Fig. 5.10). Compared to lower altitudes, there is a
longer period in which either snowfall events or significant ablation can dominate the mass
balance. An estimate for the length of this period can be obtained from the variability in the
day number and ranges from 65 days at 1150 m a.s.l. to 96 days at the summit for the spring
period. In autumn, the transition period is shorter, ranging between 44 and 76 days at the
lowest and highest altitudes, respectively.
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Figure 5.9: Modelled cumulative mass balance at six gridpoints covering the entire altitude range of
Rembesdalsskåka for the mass balance years 1987–1990, using local input data.

5

The winter balance measurements by NVE are generally carried out in May, the net balance measurements around the beginning of October. We see that in spring, the measurement
dates generally coincide with the modelled maximum mass balance at higher altitudes, while
the melt season starts one month earlier on the tongue. The measurements in autumn are performed in between the modelled starting dates of the accumulation season at the lower and
upper parts. The difference between the dates of the modelled minimum and maximum mass
balance in a particular year gives the length of the ablation season (Fig. 5.10, lower panel).
At the lowest altitudes, ablation dominates over accumulation half of the year: the average
modelled length of the melt season is 185 days. In the upper part of the ice cap, the melt
season reduces to 117 days on average, but with a larger variability than at lower altitudes.
Around 1920, ablation only dominated accumulation for about 100 days in the upper part,
while periods with a longer melt season are found between 1930 and 1950 and around 1960
and 2000.

5.4.4

Spatial distribution of the mass balance

In Fig. 5.11 the spatial patterns of the modelled winter, summer and net mass balance are
shown, together with the local mass balance deviation from the altitudinal mean. We used
smaller contour intervals for the winter balance to show details despite the smaller mass
balance range. Mean values over the period 1958–2005 are shown, modelled with local data.
The mass balance patterns are similar for other periods or input data, only the absolute values
of the mass balance differ.
The combined effect of the altitudinal and the SW–NE precipitation gradient on the winter
balance is clearly visible (Fig. 5.11a). The maximum accumulation is simulated in the southwestern part of the accumulation area, snow depth decreases towards the summit. Because
we compare local values with the altitudinal mean, only the altitude-independent variations
in the winter balance emerge in Fig. 5.11b. As melting already occurs at the glacier tongues
when the winter balance is determined (Fig. 5.10), local features arising from differential
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Figure 5.10: Day with the maximum and minimum in the cumulative mass balance (upper panel) and
ablation period (minimum minus maximum date, lower panel) for the highest and lowest point on
Hardangerjøkulen, for all calendar years in the period 1905–2005, using input data from Bergen. In the
upper panel, the NVE measurement date is also shown. For reference: 1 May = day 121, 1 October =
day 274.
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melt are seen at the lowest altitudes.
The altitudinal gradient in the summer balance is much larger than the gradient in the
winter balance (Fig. 5.11c), which is also apparent in Fig. 5.7. The summer balance distribution closely follows the isohypses, giving only small deviations from the altitudinal mean
value for the largest part of Hardangerjøkulen (Fig. 5.11d). Positive anomalies are found at
steep north-facing slopes, where the surface orientation results in a reduction of direct solar
radiation. Negative values mainly occur on the southern outlet glaciers, where the glacier
surface is oriented towards the Sun. The surface slopes on Hardangerjøkulen are gentle compared to, for instance, glaciers in the European Alps. Still, surface topography generates
considerable spatial variability in the summer mass balance. The differences can primarily
be attributed to the angle of incidence for solar radiation, which varies with surface slope and
aspect. Topographic shading plays a minor role in the spatial pattern of the summer balance
as it mainly occurs at large solar zenith angles (in winter, morning and evening), when the
amount of ablation is small.
The highest net mass balances are simulated for the south-western part and the steep
slopes in the north-western part of the upper ice cap with values around 1 m w.e (Fig. 5.11e).
There is very little spatial variation in the accumulation area. Spatial gradients are much
larger on the outlet glaciers, where the slopes are larger. The altitudinal deviations of the net
mass balance reflect the precipitation gradient, with positive anomalies in the south-west and
negative anomalies in the north-eastern part of Hardangerjøkulen (Fig. 5.11f). But variations
due to the surface orientation and topography are also visible, showing that spatial variations
in both the winter and the summer balance influence the net balance. Although the differences
in the accumulation area are smaller than the uncertainties in the simulated mass balance, this
result implies that modelled mass balance on the glacier tongues becomes more realistic by
using a spatially distributed model.

5.4.5

Mass balance variability since 1905

Annual mass balances for Hardangerjøkulen were reconstructed back to 1905. As mentioned
in Section 5.2.1, surface topography and glacier area were kept constant for the entire period. A comparison of modelled winter balances for the Rembesdalsskåka area with winter
(November–March) precipitation anomalies in Bergen reveals very similar fluctuations in
both records (Fig. 5.12), with a linear correlation coefficient r of 0.90. This means that the
variability in the winter balance is in the first place determined by variations in winter precipitation, the temperature in autumn and spring plays a minor role. For modelled summer
balances, the correlation is highest (r = −0.85) when comparing with summer (June–August)
temperature anomalies in Bergen, showing that spring temperature variations and precipitation in the summer season have little effect on summer balance variability. Reconstructed
net mass balances display a high variability in the decades before the mass balance measurements were initiated in 1963. Especially between 1930 and 1950, the interannual variability
was large. In this period, the summer and net mass balances also had the most negative values
of the entire model period, mainly caused by higher than normal summer temperatures. From
1933 to 1995, the net mass balance has a positive trend, which is a combined result of less
negative summer balances after 1950 and increasing winter balances until 1995. After 1995,
winter balances are smaller and the summer balance attains more negative values, causing a
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negative trend in the net balance. Although the difference between modelled and measured
mass balance is large in some years, the mass balance variations in the first half of the 20th
century are much larger than the standard deviation. Furthermore, the interannual variation
in the modelled mass balance corresponds well to the variability in the longest mass balance
record for southern Norway, started in 1949 on Storbreen (Andreassen et al., 2005), for both
the period before and after mass balance measurements were initiated on Rembesdalsskåka.
We therefore expect that our reconstruction gives a good indication of mass balance variations
during the 20th century.
The temporal variation in the net mass balance for different parts of Hardangerjøkulen and
the different input data sets is illustrated by the cumulative mass balance curves (Fig. 5.13).
As a result of the underestimated summer balance with the Bergen input data, the modelled
cumulative net balance for Rembesdalsskåka is in general more positive than measured by
NVE. Around 1990 the modelled mass increase is smaller than the measurements indicate,
because the winter balance is underestimated with the Bergen data (Sect. 5.4.2). When the
model is driven with local instead of Bergen input data, the cumulative mass balance curve
shows interannual variations that are very similar to the NVE curve, although the net mass
balance is slightly overestimated with local data (Sect. 5.4.2), especially in the 1990s. When
ECMWF data are used, the mean net mass balance is equal to the NVE value, but temporal
evolution of the cumulative mass balance is different: with ECMWF data the mass balance is
overestimated in the 1980s and underestimated in the 1990s.
As a result of the imposed SW–NE precipitation gradient over the ice cap, modelled mass
balances were found to be generally lower in the north-eastern part (Sect. 5.4.4). The effect is clearly visible in the cumulative mass balance curves computed for the south-western
and north-eastern parts of the ice cap, for which each drainage basin was assigned to either
the SW or NE section. The modelled cumulative mass balance for the NE part of Hardangerjøkulen is more negative than the ice cap average. However, even when the precipitation
gradient is omitted, mass balances are more negative in the NE part of the ice cap although
the mass balance difference between SW and NE is reduced by a factor two. Considering
the same altitude interval, ablation is generally smaller in the NE part than in the SW part of
Hardangerjøkulen (Sect. 5.4.4), hence the lower area-averaged mass balance in the NE part
of the ice cap has to be a result of a different altitude-area distribution: a smaller part of the
glaciers is situated in the accumulation area. All curves modelled with Bergen input data display similar interannual variations in all basins, indicating that although the quantitive value
of the mass balance differs according to the the area-altitude distribution in the considered
ice cap section, the interannual variability is determined by the climate forcing.
Because we used a constant surface topography and ice mask in the mass balance model
(Sect. 5.2.1), errors in the modelled mass balance increase when going further back in time.
Although the absolute values for the early 20th century may not be representative, the general shape of the cumulative mass balance curve provides information about relative mass
balance changes during the 20th century. The curve can be divided into a number of periods with different characteristics, related to changes in the climate forcing. The identified
periods correspond well to length change observations at Rembesdalsskåka (Sect. 2.3.1) in
a qualitative way. In the beginning of the 20th century, mass balances were close to zero.
From 1918 to 1924, all sections of the ice cap had a positive mass balance caused by low
summer temperatures (Fig. 5.12). Between 1919 and the late 1920s, Rembesdalsskåka ad134
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vanced about 50 m, building a distinct moraine, then retreated again until the next observation
in 1935 (Fægri, 1936). In the period 1930–1948, the cumulative mass balance was strongly
negative, due to record negative summer balances resulting from higher than normal summer
air temperatures. Between 1935 and the restart of the length measurements in 1970, Rembesdalsskåka retreated almost 900 m. This period was followed by approximate balance in
most parts of the ice cap until 1985. From 1970 to 1983, Rembesdalsskåka only retreated
100 m. Record winter precipitation in 1989, 1990 and 1992, followed by low summer temperatures in 1993 lead to a highly positive trend in cumulative mass balances around 1990.
By 1997, Rembesdalsskåka had advanced 200 m with respect to its position in 1983. After
2000, net mass balances were generally negative, the cumulative mass balance decreased and
Rembesdalsskåka retreated again (Kjøllmoen et al., 2006).

5.4.6

Climate sensitivity

We calculated the mass balance sensitivities of Hardangerjøkulen to changes in air temperature and precipitation by perturbing the input data for temperature and precipitation by ±1,
2 and 3 K and ±10, 20 and 30% respectively. We used local input data for the period 1961–
1990, this climate normal period is often referred to in future climate projections.
The net mass balance is found to be much more sensitive to a 1 K temperature change than
to a 10% change in precipitation (Fig. 5.14a). To compensate the effect of a 1 K temperature
increase, a 30% increase in precipitation is needed. The change in winter mass balance is
approximately linearly related to precipitation changes, while the summer balance is more
sensitive to a precipitation decrease than to a precipitation increase (Fig. 5.14b). Both winter
and summer balance show a non-linear response to temperature perturbations. For a 3 K
temperature decrease, the summer balance is only slightly smaller than zero implying that
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the ablation in the lower parts is almost completely compensated by summer accumulation
in the upper part. To test the robustness of the results, we also determined the mass balance
sensitivity to a 3 K warming with the other two input data sets. With local data, the change
in the mean net balance is –3.58 m w.e., with ECMWF data we find –3.30 m w.e. and with
Bergen data we obtain –3.46 m w.e. The mass balance sensitivity is largest when using local
input data, but the relative difference between the values obtained for the three data sets is
less than 10%, indicating a minor dependence on the input data.
The static mass balance sensitivities to a 1 K change in air temperature (CT ) and a 10%
change in precipitation (CP ) are defined as (Oerlemans, 2001):
CT

=

CP

=

Bn (Ta + 1) − Bn (Ta − 1)
dBn
≈
dTa
2
dBn
Bn (P + 10%) − Bn (P − 10%)
≈
.
dP
2

(5.11)
(5.12)

We obtained CT = −0.94 m w.e. K−1 and CP = +0.30 m w.e. (10%)−1 for the entire ice cap
Hardangerjøkulen and CT = −0.92 m w.e. K−1 and CP = +0.31 m w.e. (10%)−1 for Rembesdalsskåka. Especially CT is higher than found in other studies for Rembesdalsskåka.
For example, Rasmussen and Conway (2005) obtained CT = −0.64 m w.e. K−1 and CP =
+0.22 m w.e., while De Woul and Hock (2005) report CT = −0.66 m w.e. K−1 and CP =
+0.28 m w.e. The larger sensitivity found in this study could result from differences in model
types; while we used a distributed energy balance approach, Rasmussen and Conway (2005)
regressed measured mass balance with upper-air meteorological conditions and De Woul and
Hock (2005) applied a degree-day model to nearby weather station data.
To determine how the mass balance responds to a temperature or precipitation change in a
particular month, we computed the seasonal sensitivity characteristic (SSC, Oerlemans, 2001)
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for Hardangerjøkulen. We again apply Equations (5.11) and (5.12), but now temperature or
precipitation is only perturbed during one month at a time. This results in a 12×2 matrix with
mass balance sensitivities to temperature and precipitation perturbations in the 12 individual
months. The sum of the SSC values for temperature is –0.93 m w.e. K−1 , slightly smaller than
the static mass balance sensitivity for an all-year temperature perturbation due to feedback
processes. For precipitation, the summed SSC value is +0.30 m w.e. (10%)−1 .
We determined SSC values for the winter and summer mass balance separately, for each
month their sum gives the SSC value for the net mass balance (Fig. 5.15). The largest change
in the summer and net mass balance is obtained for a temperature change in July, closely
followed by June and August. These are the months with the highest air temperatures, the
largest surface energy fluxes and the transition from snow to ice albedos at the lower (June) to
higher (August) altitudes and are therefore very sensitive to changes in the energy balance. In
May and October, the winter balance is significantly affected by a change in air temperature
because air temperatures are close to the threshold temperature for snow. Hence, a small
shift in temperature can make the difference between snow accumulation or snow/ice melt.
In the winter months, the mass balance sensitivity to temperature perturbations is small as
(nearly) all precipitation falls as snow. On the other hand, the mass balance sensitivity to
precipitation perturbations is largest in winter, when the amount of solid precipitation directly
affects the mass balance. Values are lower in summer, when most of the precipitation falls
as rain, especially at the lower parts of the ice cap. The summer balance is most sensitive
to precipitation changes in September when precipitation often falls as snow in the upper
parts. Summer snowfalls directly add mass to the surface, but also have an indirect effect on
the summer balance by changing the surface albedo and hence ablation. Even precipitation
perturbations in winter are found to have an effect on the summer balance. More snow means
that the ice with a lower albedo reappears later in spring, retarding the melt in the ablation
area. The lower mass balance sensitivity to precipitation changes in February compared to
the surrounding months, is not resulting from the shorter month; the sensitivities in Fig. 5.15
have been scaled with the month length. For the period 1961–1990, the precipitation sum for
February, corrected for the number of days, is smaller than for the other winter months in all
three data sets.

5.5

Conclusions and discussion

We applied a spatially distributed mass balance model, similar to the model developed for
Morteratschgletscher by Klok and Oerlemans (2002), to the ice cap Hardangerjøkulen. Model
parameterizations were calibrated with 5 years of AWS data from Midtdalsbreen, one summer of AWS data from the summit and 43 years of NVE mass balance measurements on
Rembesdalsskåka.
Several of the original parameterizations needed to be modified in order to simulate the
different glacier micro-climate on Hardangerjøkulen. Without a careful calibration of the
energy flux parameterizations, it would have been impossible to model the surface energy
balance at Hardangerjøkulen. Not only parameter values needed to be adjusted, some parameters were found to vary seasonally, and some parameterizations were not adequate to
describe the climate at Hardangerjøkulen. After the parameterizations had been modified,
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Figure 5.15: Seasonal sensitivity characteristic of Hardangerjøkulen, showing the mass balance sensitivity to monthly perturbations in air temperature and precipitation for the period 1961–1990. The
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differences between the individual input data sets and the AWS data had to be identified to
derive transfer functions for the meteorological input data. These calibrations are essential to
simulate a realistic climate at Hardangerjøkulen.
The model reproduces the measured ablation at the AWS on Midtdalsbreen well, while the
amount of snow accumulation is overestimated in some years and underestimated in others.
The differences in snow accumulation modelled with the three input data sets are generally
smaller than the discrepancy with measured snow depth. The measured winter balance on
Rembesdalsskåka is well captured for these five years, only the 2001 winter balance is significantly overestimated with ECMWF data, while the snow depth at the AWS site in 2001
is very well simulated with this data set. The snow depth at the AWS site in the winter
2001/2002 is overestimated with the model, but both on Rembesdalsskåka and Storbreen
much larger snow depths were measured (Ch. 4). Hence, winter accumulation on Midtdalsbreen and Rembesdalsskåka appear not to be related in a simple way, but likely depend on
wind speed, wind direction and small-scale topography, factors that are not incorporated in
the model. An atmospheric model with high resolution over the ice cap is needed to simulate
these processes, which is outside the scope of this study.
Although there are many uncertainties associated with the precipitation distribution over
Hardangerjøkulen, the annual winter balances modelled for the Rembesdalsskåka area are
better correlated with mass balance measurements than the modelled summer balances. The
reason is that the winter balance is almost solely determined by the amount of winter precipitation in a particular year. In contrast, the amount of summer ablation not only depends on
several meteorological variables, but also on the winter balance and the mass balance history
via the surface albedo. Little is known about the surface energy fluxes and the evolution of
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the snowpack on the plateau, a source of potential errors. Still, the model produces most of
the interannual variability in the mass balance and reasonable agreement with measurements.
Compared to other mountainous areas, the topography around Hardangerjøkulen has a
rather gentle slope. Still, topographical effects are visible in the spatial distribution of the
modelled summer and net balances, caused by differences in incoming solar radiation related to the surface slope and aspect. Together with the imposed precipitation gradient over
the ice cap, topographical effects determine the local deviations from the altitudinal mean
net balance. Even with the SW–NE precipitation gradient removed, the NE part of Hardangerjøkulen has a lower area-averaged net balance than the SW part, a result of the different
altitude-area distribution for this part of the ice cap. It is possible that the predominant southwesterly winds transport snow from the SW to the NE part of the ice cap and that our model
underestimates the winter accumulation in the north-eastern basins. To verify this theory,
the snow distribution over Hardangerjøkulen needs to be measured in several winter seasons,
because the interannual variability is large. This is a laborious task. Alternatively, an ice flow
model could be used to determine whether the modelled mass balance distribution is able to
simulate the observed length changes at Rembesdalsskåka and Midtdalsbreen. This will be
investigated in Chapter 7.
The reconstructed mass balances for the first half of the 20th century show that interannual
variability in the mass balance was large in this period. A combination of high summer
temperatures and lower than average winter precipitation resulted in record low net mass
balances in the period 1930–1948. Periods dominated by positive or negative mass balances
agree qualitatively with observed advance and retreat phases of Rembesdalsskåka. Because
we do not include changes in surface topography or ice cap extent, modelled mass balances
are more uncertain for the early part of the model period. This problem will be addressed
in Chapter 7 by coupling the mass balance model to an ice-flow model. Furthermore, model
parameters have been calibrated with AWS data covering the last five years of the 101 year
long model run and are assumed to have been constant over the entire period. Atmospheric
properties and circulation patterns may have changed during this period, affecting for instance
the solar insolation, cloud properties or wind speeds. Although the modelled absolute values
for the early 20th century have a relatively large uncertainty, the interannual variability is
mainly determined by the climate forcing and can be interpreted in a qualitative way.
The static mass balance sensitivities to changes in temperature (CT = −0.94 m w.e. K−1 )
and precipitation (CP = +0.30 m w.e. (10%−1 )) we calculated for Hardangerjøkulen, lie
within the range of values found for Norwegian glaciers (e.g., Meier, 1984; Oerlemans, 1992;
Rasmussen and Conway, 2005; De Woul and Hock, 2005). However, our CT value for Rembesdalsskåka is considerably higher than reported in other studies for the same glacier. This
is probably due to the different models used in these studies, hence a comparison of static
mass balance sensitivities from different studies is difficult. We found that the mass balance
sensitivity of Hardangerjøkulen is non-linear, especially for temperature. A 3 K temperature
increase results in a net mass balance change that is 70% larger than for a 3 K temperature decrease. The summer balance is most sensitive to temperature changes in mid-summer (June–
August), the winter balance is most affected by precipitation perturbations from October to
January. Precipitation changes in winter are found to affect the summer balance through the
albedo. Climate scenarios for southern Norway project a 1.0–1.3 K increase in annual mean
temperature from 1980–1999 to 2030–2049, with the largest change (1.2–1.6 K) in winter
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(Hanssen-Bauer et al., 2003). Precipitation is expected to increase by 12–14% from 1980–
1999 to 2030–2049, with the smallest changes in spring. As a 30% increase in precipitation
is needed to balance a 1 K temperature increase, the mass balance for Hardangerjøkulen is
expected to become negative in the near future.
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Effect of the mass balance–altitude feedback
on Hardangerjøkulen
A two-dimensional ice-flow model was applied to Hardangerjøkulen to determine the response of the
ice cap to changes in the mass balance and hence climate. We use a vertically integrated ice-flow model
with constant deformation and sliding parameters. Representative values for these parameters were
obtained from a dynamic calibration with glacier length records for the outlet glaciers Rembesdalsskåka
and Midtdalsbreen. A simulation of the ice cap geometry from the maximum extent in AD 1750 to
the year 2007 gives an ice cap close to the present-day extent along the entire ice cap margin. The
steady-state ice cap geometries, corresponding to a range of constant mass balance perturbations, show
that Hardangerjøkulen is sensitive to changes in the mass balance. The ice cap almost entirely vanishes
when the mass balance is lowered by 0.2 m w.e. with respect to zero net mass balance for the present-day
altitude-area distribution of Rembesdalsskåka. For a mass balance anomaly of –0.5 m w.e., the ice cap
completely disappears within 500 years. The large ice loss for these negative mass balance anomalies
is a result of the mass balance–altitude feedback; a more gradual ice volume decrease is found when
this feedback is excluded. The presence of a maximum in the mass balance profile has a smaller effect
on the ice cap response. The high sensitivity of Hardangerjøkulen to mass balance changes implies that
this ice cap will most likely not survive in the projected future climate with much larger negative mass
balance anomalies.

Parts of this chapter and Chapter 5 are combined with Chapter 7 in: Giesen, R. H. and J. Oerlemans. Response
of the ice cap Hardangerjøkulen in southern Norway to the 20th and 21st century climates (paper in preparation).

143

6. Mass balance–altitude feedback on Hardangerjøkulen

6.1

Introduction

In southern Norway, the normal annual precipitation varies from more than 4000 mm
at the western coast to less than 1500 mm about 200 km inland (period 1971–2000, see
http://seNorge.no). As a result of this large precipitation gradient, the maritime glaciers near
the western coast are situated at lower altitudes than the more continental glaciers further
inland (Andreassen et al., 2005). On the maritime glaciers both annual accumulation and
ablation are large, which makes these glaciers more sensitive to changes in precipitation and
temperature than the more continental glaciers with a smaller winter and summer balance
(Meier, 1984; Oerlemans, 1992; Rasmussen and Conway, 2005).
Regarding the spatial distribution of glaciers in southern Norway, the largest glaciers
(>25 km2 ) are all situated relatively close to the coast, in a rather maritime regime. All
these glaciers are ice caps, with a large and flat upper part and a number of steeper outlet
glaciers. Ice caps are particularly sensitive to climate change, because a small increase in the
equilibrium-line altitude (ELA) can turn a large part of the accumulation area into ablation
area. Mass balance measurements at several ice caps in southern Norway show an altitudinal gradient in the winter balance that is smaller at the higher altitudes or even becomes
negative (e.g., Kjøllmoen et al., 2008), probably increasing the climate sensitivity. Unless
future climate warming is accompanied by a large increase in winter precipitation, the ice
caps in southern Norway are bound to disappear within the next centuries, analogous to the
early/mid-Holocene, when glaciers were probably absent in southern Norway (Nesje, 2009).
The mass balance profile measured on one of the outlet glaciers of the ice cap Hardangerjøkulen in southern Norway has a pronounced maximum approximately 100 m below the
highest point of the ice cap. We apply this mass balance profile to a two-dimensional ice-flow
model for Hardangerjøkulen, calibrated with length change measurements at two of the outlet
glaciers. The main objective of this chapter is to determine the response of Hardangerjøkulen
to changes in the mass balance and hence climate. Furthermore, we investigate the effect of
the presence of the mass balance maximum and the mass balance–altitude feedback on the
sensitivity of the ice cap.

6

6.2

Hardangerjøkulen

Hardangerjøkulen (73 km2 , Fig. 6.1) is the third largest glacier in southern Norway, situated
on the north-western border of the Hardangervidda mountain plateau. Hardangerjøkulen is
an ice cap with an altitude range from 1020 to 1865 m a.s.l. Since 1963, mass balance is
measured on the largest, westerly draining outlet glacier Rembesdalsskåka (Kjøllmoen et al.,
2008). The mean annual mass balance over the period 1963–2007 is +0.10 m water equivalent (w.e.), with a standard deviation of 1.06 m w.e. The mean winter (+2.10 m w.e.) and
summer mass balance (–2.00 m w.e.) on Rembesdalsskåka are intermediate compared with
the larger values on the maritime glaciers at the western coast and the smaller values at the
more continental glaciers further inland (Andreassen et al., 2005). Based on the mean net
mass balance profile for Rembesdalsskåka over 35 years between 1965 and 2007 (Fig. 6.2b),
80% of the total area of Rembesdalsskåka is located above the ELA (1640 m a.s.l.). For the
entire ice cap this area percentage is 70%, provided that the mean ELA for Hardangerjøkulen
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is similar to the value for Rembesdalsskåka.
Glacier length has been measured at Rembesdalsskåka during several intervals, the first
measurement dating from 1917. At the north-easterly outlet glacier Midtdalsbreen, glacier
length has been measured annually since 1982 (Andreassen et al., 2005). For Rembesdalsskåka and Midtdalsbreen, glacier length records were reconstructed by combining the
length measurements with maps and dated moraines in the glacier forefields (Andersen and
Sollid, 1971; Elvehøy et al., 1997; Kjøllmoen et al., 2008). The outermost moraine at Midtdalsbreen was deposited around AD 1750, according to a lichen growth curve calibrated with
well-dated moraines at Nigardsbreen, a glacier located 130 km north of Hardangerjøkulen
(Andersen and Sollid, 1971). Around this time, many glaciers in southern Norway reached
their Neoglacial maximum, often referred to as the ‘Little Ice Age’ (LIA) maximum. For
the north-eastern and south-western part of Hardangerjøkulen, the LIA extent has been determined from terminal moraines (Fig. 6.1a; Andersen and Sollid, 1971; Nesje and Dahl, 1991;
Nesje et al., 1994; Elvehøy et al., 1997). After reaching the maximum LIA position, Rembesdalsskåka retreated approximately 1200 m until 1930, while Midtdalsbreen retreated 400 m.
Between 1930 and the early 1980s, both Rembesdalsskåka and Midtdalsbreen retreated approximately 1000 m, the fastest retreat in the length change history. Following a number
of very wet years in the late 1980s, Rembesdalsskåka advanced 200 m until the late 1990s,
at Midtdalsbreen an advance of 40 m was observed. The maximum in the late 1990s was
followed by a retreat of 300 m at Rembesdalsskåka and 80 m at Midtdalsbreen until 2007.

6.3
6.3.1

Model description
Surface and bed topography

The ice-flow model calculates changes in ice thickness for a fixed, rectangular grid with a horizontal resolution of 100 m in a 18×18 km2 domain (Fig. 6.1b). For the present-day surface
topography, we use a digital elevation model (DEM) for Hardangerjøkulen by the Norwegian
Mapping Authority (Statens Kartverk), based on aerial photographs from 1995. The surface
elevation difference between this DEM and an earlier DEM from 1961 was determined by
Andreassen and Elvehøy (2001) and converted to volume changes in m w.e. by multiplying
the surface elevation change at each grid point by 0.9, the approximate ratio of ice and water
densities. The volume change over the period 1961–1995 was smaller than ±10 m w.e. for the
major part of the ice cap. A volume increase up to 20 m w.e. was found for the middle part of
the Rembesdalsskåka basin, while the north-western part of Hardangerjøkulen experienced a
surface lowering of up to 55 m w.e.
The bedrock topography under the ice cap is not well known, detailed measurements with
ground-penetrating radar have only been done on Midtdalsbreen (Østen, 1998). Ice thickness
has been determined along single tracks in other drainage basins of Hardangerjøkulen, but
large parts of the ice cap have not been investigated at all (Fig. 6.1a). When assuming perfect
plasticity, an estimate for the ice thickness H can be obtained from the surface slope α (e.g.
Oerlemans, 2001, p. 60):
H=

τ0
,
ρice g sinα

(6.1)
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Figure 6.1: The ice cap Hardangerjøkulen in southern Norway. Contours are drawn every 50 m. (a) The
drainage basins (dashed lines) and flowlines (thick black lines) of Rembesdalsskåka and Midtdalsbreen.
The locations where ice thickness has been measured are indicated by grey dots and lines. (b) Surface
topography (contours) and bedrock topography (degree of shading) in the model domain. The thick
solid line indicates the present-day ice cap extent, the thick dashed line the reconstructed Little Ice Age
extent (references in text). The reference system is UTM zone 32 (EUREF89).
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Figure 6.2: (a) Hypsometry of the present-day surface of Hardangerjøkulen and the drainage basins of
Rembesdalsskåka and Midtdalsbreen, derived from the 1995 DEM. The bedrock topography beneath
Hardangerjøkulen is derived from interpolated ice thickness measurements and the 1995 DEM. (b)
Specific mass balance profiles for Rembesdalsskåka from NVE. The maximum net mass balance was
measured in 1989, the minimum profile in 2006. The mean profile and standard deviation are based
on 35 annual mass balance profiles measured in the period 1965–2007. The function fitted to the mean
profile is a combination of a linear function and a third-order polynomial at altitudes above 1675 m a.s.l.

where τ0 is the yield stress, ρice ice density and g the gravitational acceleration. The detailed
ice thickness measurements on Midtdalsbreen suggest a yield stress in the range 150–180 kPa.
The ice thickness given by Equation (6.1) was matched with the available measurements to
estimate H in unmeasured areas. At ice divides and ice ridges where the surface slope is
small, H is overestimated with this method. At these locations, ice thickness was manually
extrapolated from the measurements. Close to the ice margins, manual extrapolation was also
needed to obtain a smooth decrease in ice thickness. The resulting ice thickness map was
combined with the 1995 DEM to derive a bottom topography map (Fig. 6.1b). A comparison
of the surface and bedrock hypsometries shows that the characteristic ice thickness is ∼200 m
(Fig. 6.2a).

6.3.2

Ice-flow model

The ice-flow model is a modified version of the model used by Van den Berg et al. (2008) for
a simulation of the Eurasian ice sheet through the last glacial cycle. The model is based on
the vertically integrated continuity equation (e.g., Huybrechts, 1992; Van der Veen, 1999):
∂H
= −∇ · (HU) + B,
∂t

(6.2)

with H(x, y,t) the ice thickness, U(x, y,t) the vertical mean horizontal velocity vector and
B(x, y,t) the mass balance. We apply the shallow-ice approximation (SIA), which neglects
longitudinal stress gradients and is reasonably accurate when the ratio of the ice thickness
and the horizontal ice extent is much smaller than unity (e.g. Hutter, 1983). The typical ice
thickness for Hardangerjøkulen is 200 m, although maximum ice thicknesses of almost 400 m
were measured in the basins of the largest outlet glaciers. The length of the outlet glaciers
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roughly ranges between 4 and 8 km, giving a typical aspect ratio of 0.05 which is acceptable.
In general, the ice cap surface and bedrock slopes are gentle, but locally slopes can be large.
In these areas, the SIA will have reduced accuracy. Our interest is in the response of the ice
cap to mass balance changes over time-scales of decades to centuries, not in local features as
for instance surface velocities. Leysinger Vieli and Gudmundsson (2004) compared glacier
length fluctuations to changes in climate forcing, modelled with a full-system model and a
SIA model. They found that the models produce similar length changes and response times
and concluded that there is no need to use higher-order models for this type of studies.
The vertical mean horizontal velocity U is divided into contributions by internal deformation Ud and basal sliding Us in the following way (Budd et al., 1979; Oerlemans, 2001):
U = Ud + Us
= (ρice g)3 H 3

(6.3)
"

∂ zs
∂x

2


+

∂ zs
∂y

2 #

∇zs fd H 2 + fs



(6.4)

where zs (x, y,t) is the surface elevation, fd is a deformation parameter and fs a sliding parameter. The deformation parameter fd is related to the parameter A in Glen’s flow law (Glen,
1955) by the expression fd = 0.4 × A. The deformation parameter is primarily dependent on
ice temperature, the sliding parameter depends on bed roughness and material properties. For
simplicity, we use constant values for both parameters, derived from a dynamical calibration
with the length records of Rembesdalsskåka and Midtdalsbreen (Sect. 6.4).
All spatial derivatives are calculated with central differencing, for the time integration
an Alternating Direction Implicit (ADI) method is used (e.g. Huybrechts, 1992). The model
corresponds to the type II ice models used in the EISMINT model intercomparison activities
(Huybrechts et al., 1996). We use a time-step of 0.01 year, which is sufficiently small to
exclude numerical instabilities.

6.3.3

6

Mass balance model

The mass balance model only includes mass changes at the surface of the ice cap, basal
melting and calving at the glacier front are not included. Currently, the largest outlet glaciers
of Hardangerjøkulen do not terminate in water, but Rembesdalsskåka did end in the lake
Rembesdalsvatnet when the ice cap was larger (Fig. 6.1b; Elvehøy et al., 1997). Basal melt
is assumed to be small compared to the high ablation rates at the ice cap surface.
We prescribe an altitude-dependent mass balance profile, based on the mean net mass
balance profile from 35 years of mass balance measurements on Rembesdalsskåka provided
by the Norwegian Water Resources and Energy Directorate (NVE, Kjøllmoen et al., 2008).
The mass balance increases linearly with altitude, but decreases in the last 100 m below the
summit (Fig. 6.2b), probably the result of snowdrift or orographic effects on the precipitation
distribution. This profile can be well described by a combination of a linear function for
altitudes below 1675 m a.s.l. and a third-order polynomial for higher altitudes. For the current
altitude-area distribution of the Rembesdalsskåka basin, the prescribed mass balance profile
gives a total mass balance of +0.175 m w.e. This value is not equal to the mean mass balance
over the period 1963–2007 (+0.1 m w.e., Sect. 6.2), because mass balance profiles are only
available for 35 of the 45 years. We use one profile for the entire ice cap, because long-term
148

6.3. Model description
2000

Altitude (m a.s.l.)

1800

reference
B = -1.0 m w.e.
zs,max = -36 m
zs,max = +50 m

1600
1400
1200
1000
-8

-6

-4

-2

Mass balance (m w.e.)

0

2

Figure 6.3: Adaptation of the mass balance profile. The reference profile (Bref ) is the fitted profile
(Fig. 6.2) shifted by –0.175 m w.e. The other profiles correspond to a shift of Bref by mass balance
anomaly ∆B = −1.0 m w.e. and a change in maximum ice cap elevation ∆ zs,max of –36 m (lowest possible) and +50 m.

mass balance measurements have not been done in areas outside Rembesdalsskåka. Since
we prescribe the mass balance as a function of the surface elevation, the local mass balance
will change when the surface elevation increases or decreases. In this way, a mass balance–
altitude feedback is included in the model.
The altitudinal deviation from the mean net mass balance profile in individual years is
generally similar at all altitudes (Fig. 6.2b), in other words, the shape of the net mass balance
profile does not vary largely between the years. Hence, mass balance perturbations are imposed by simply shifting the reference mass balance profile Bref (zs ) by a certain value ∆B at
all altitudes (Fig. 6.3):
B(zs ,t) = Bref (zs ) + ∆B(t),

(6.5)

where ∆B is either constant or a function of time t. We chose our reference mass balance
profile Bref to represent zero total mass balance for the present-day surface topography in
the Rembesdalsskåka basin, hence the fit to the measured net balance profile was shifted by
–0.175 m w.e. The presence of the mass balance maximum is most likely related to the shape
of the plateau and to a lesser extent to the plateau elevation. Hence, when the plateau surface
rises or lowers in a reaction to the mass balance forcing, the maximum in the mass balance
profile is expected to shift up or down as well. This is simulated by varying the altitude of the
mass balance maximum according to the modelled change in surface elevation of the ice cap
summit ∆ zs,max , defined with respect to the present-day summit elevation (Fig. 6.3). Hence,
instead of Bref (zs ), we use B0ref (zs , ∆ zs,max ). Because the highest bedrock elevation is only
36 m lower than the present-day summit elevation, this is the largest possible lowering of the
mass balance maximum.
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6.4

6

Dynamic calibration

The bedrock topography is best known for Midtdalsbreen and the mass balance profile will
be most accurate for Rembesdalsskåka. Furthermore, glacier length change since approximately AD 1750 is known for these two outlet glaciers (Sect. 6.2). The optimal values for fd
and fs were determined by performing a dynamic calibration with the observed length variations since AD 1750 (Oerlemans, 1997). The strength of this method is that the study glacier
does not need to be in a balance state, which is almost never the case. On the contrary, the
deformation and sliding parameter should be chosen such that the transient behaviour of the
glacier is simulated realistically. As a second constraint, we compared modelled and measured (DEM) surface topography along the flowlines of Rembesdalsskåka and Midtdalsbreen
for the year 1995. This second criterion mainly limits the range of acceptable values for the
deformation parameter fd ; too large (small) values for fd result in too flat (steep) glaciers.
For the dynamic calibration, a surface mass balance history ∆B(t) is needed. The mass
balance measurements on Rembesdalsskåka were initiated in 1963, hence a mass balance
record needs to be estimated for the earlier part of the model period. This is another unknown
variable in the calibration procedure, but since the last part of the mass balance history is
known, only a subset of model parameters will give a close match to the observed glacier
length variations. As a first guess, we impose the mass balance history derived for Nigardsbreen (Oerlemans, 1997). The distance between this glacier and Hardangerjøkulen is small
enough to expect similar climatic variations at the two locations. The mass balance perturbations derived by Oerlemans (1997) are defined with respect to a profile with +0.5 m w.e. net
balance for the present-day topography, while our mass balance values are variations from
zero net balance. By shifting the Nigardsbreen mass balance history by +0.5 m w.e., the same
definition is used for both records. The ice cap extent before AD 1750 is unknown, but because the deposited moraines indicate a maximum position of the glacier front, the outlet
glaciers must have advanced in the preceding period. The initial position is not important for
the glacier length simulation after AD 1750, as long as the timing of the maximum position
is reconstructed. We start with a steady state ice cap with an extent between the present-day
and 1750 frontal positions. An initial ice cap geometry corresponding to a constant perturbation of the reference profile by ∆B = +0.40 m w.e., followed by a large positive anomaly
(∆B = +1.35 m w.e. starting at AD 1675) were found to produce frontal positions of Rembesdalsskåka and Midtdalsbreen around 1750 that are in reasonable agreement with moraine
evidence (Fig. 6.4). Rembesdalsskåka is too large at AD 1750, but it terminates in a lake
while the model does not incorporate calving processes. Furthermore, the elevation of the
lake surface instead of the subsurface bathymetry is used in the model, also increasing the
modelled glacier length.
At first, only the length record from Rembesdalsskåka was matched, keeping the Midtdalsbreen record for an independent check on the determined values. The reconstructed mass
balance history for Nigardsbreen, reduced by –0.70 m w.e., could well reproduce the length
change from the maximum position to the early 20th century size (Fig. 6.4). This difference in
annual mass balance forcing between Rembesdalsskåka and Nigardsbreen after the AD 1750
maximum is considerably larger than the mean measured mass balance difference between
the two glaciers for the period 1963–2007 (–0.24 m w.e., Kjøllmoen et al., 2008). For the
first half of the 20th century, the model could not simulate the measured length change at
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Rembesdalsskåka using the mass balance forcing for Nigardsbreen. Hence, a different mass
balance forcing was applied with a more positive mass balance from 1915–1925 and a very
negative mass balance (∆B = −1.2 m w.e.) between 1933 and 1948. After 1963, ∆B(t) is
dictated by the measured annual net mass balances for Rembesdalsskåka. The difference
between observed and modelled glacier length regularly exceeds the grid spacing. However,
considering that the modelled glacier length is defined as the last grid cell with ice, that the
moraine derived lengths have a large uncertainty in time and space and that the modelled and
observed length changes do not always correspond to the same part of the glacier tongue, the
agreement is good. The values of the model parameters found by the dynamical calibration
procedure ( fd = 7.6 × 10−25 Pa−3 s−1 and fs = 9.5 × 10−21 Pa−3 m2 s−1 ) are slightly smaller
than the original values by Budd et al. (1979), which were found to give good results for
Nigardsbreen (Oerlemans, 1997).
The derived mass balance history together with the optimal values for the model parameters for Rembesdalsskåka give a length change at Midtdalsbreen that is considerably
smaller than observed (Fig. 6.4). Because the two outlet glaciers are part of the same ice
cap, the glacier ice will have similar temperatures and properties. Hence, it is not likely that
the deformation parameter fd is very different for the two glaciers. Furthermore, the local
climate and therefore the mass balance history have to be similar, although absolute values
may differ. Shifting the mass balance history ∆B(t) by –0.15 m w.e. for the entire model period gave a good match to the length change observations at Midtdalsbreen. A similar result
was obtained by increasing the sliding parameter by a factor of 2.4. A slightly lower mass
balance on Midtdalsbreen could be realistic: this glacier is situated on the lee side of Hardangerjøkulen and probably receives less precipitation than Rembesdalsskåka. Sliding may also
be enhanced on Midtdalsbreen in comparison to Rembesdalsskåka, which is enclosed by
steeper valley walls increasing the side drag, which is not taken into account in the model.
Increased sliding on Midtdalsbreen resulting from more meltwater production is not likely;
the north-facing surface receives less solar irradiation than the west-facing Rembesdalsskåka
and melt is therefore probably smaller. The not very accurately known bedrock topography
and the model approximations result in uncertainties in the model results. On the other hand
there are few constraints and it is therefore impossible to decide whether the different glacier
behaviour should be attributed to differences in sliding, mass balance or a combination of
the two. In the remainder of this section, we present the results for all three calibration runs.
In the next section, where we analyse steady-state solutions for Hardangerjøkulen, we use a
constant sliding parameter ( fs = 9.5 × 10−21 Pa−3 m2 s−1 ) and prescribe the same altitudinal
mass balance profile for the entire ice cap.
The modelled surface elevations for 1995 along the main flowlines of Rembesdalsskåka
and Midtdalsbreen compare well with the DEM altitudes (Fig. 6.5). The larger height difference between the modelled and measured profiles in the lower part of Rembesdalsskåka and
the upper part of Midtdalsbreen may be a result from erroneous bedrock elevations at these
locations.
The modelled extent of Hardangerjøkulen at the LIA maximum (AD 1750) and at the end
of the transient run (AD 2007) are shown in Fig. 6.6 for the optimal mass balance histories of
Rembesdalsskåka and Midtdalsbreen. The case with increased sliding ( fs *2.4) is not shown,
the modelled ice distribution is very similar to the result for ∆B(t) − 0.15. When using the
mass balance history ∆B(t), Hardangerjøkulen is only slightly larger than with ∆B(t) − 0.15,
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6

although the ice is thicker. The mean difference in ice thickness is 9.4 m for 1750 and 27.9 m
for 2007.
The simulations suggest that Midtdalsbreen and Blåisen formed a mutual front in 1750,
which does not correspond to the moraine evidence (Fig. 6.1a), where Blåisen is smaller. The
modelled maximum glacier extent along the south-western margin corresponds quite well
to the mapped moraines. Applying the mass balance history ∆B(t) results in a realistic ice
cap extent in 2007, not only for Rembesdalsskåka, but for the entire south-western part of
Hardangerjøkulen. With the slightly lower mass balance (∆B(t) − 0.15), the present-day ice
cap margin in the north-eastern part is reproduced. This result further supports the presence
of a spatial mass balance gradient over Hardangerjøkulen, with more positive values in the
south-west. The mass balance gradient is probably caused by differences in accumulation, the
gradient in ablation expected from topographic effects on solar irradiance is in the opposite
direction. In both figures for 2007, a thin layer of ice (<50 m) remains at several locations
outside the observed ice cap margin. These are flat and rather wind-exposed areas, which
probably have a lower mass balance than prescribed in the model.
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6.5

Volume and length response

Volume and length response times are often used to indicate how fast a particular glacier
reacts to a change in climate (e.g., Jóhannesson et al., 1989; Oerlemans, 1997). When an
ice-flow model is available, this response can be investigated by suddenly changing the mass
balance for a glacier in equilibrium. The length (volume) response time is then defined as
the time between the perturbation and the moment the glacier reaches the fraction (1 − 1/e)
of the total length (volume) change corresponding to the equilibrium state for the new mass
balance (Oerlemans, 2001).
We performed this exercise for Hardangerjøkulen, starting with the steady-state ice cap
corresponding to the reference profile and changing the mass balance by different constant
values of ∆B. Although the perturbations in the mass balance are small compared to the interannual variation in the mass balance measurements (Fig. 6.2b), large changes in the ice
cap volume and the length of Rembesdalsskåka and Midtdalsbreen occur (Fig. 6.7). Hardangerjøkulen almost completely disappears for a mass balance anomaly ∆B = −0.3 m w.e. and
vanishes entirely within 500 years for a mass balance perturbation of –0.5 m w.e. The volume
and length changes are clearly not linearly related to the change in mass balance and very different for positive and negative mass balance perturbations. Hence, the non-linear response
of Hardangerjøkulen to relatively small mass balance perturbations makes that characteristic
response times can only be determined for very small mass balance changes.
This experiment indicates that Hardangerjøkulen is bound to disappear when the average mass balance becomes only slightly smaller than the present-day value (+0.10 m w.e.).
Rasmussen and Conway (2005) regressed measured mass balance at Rembesdalsskåka with
upper-air meteorological conditions and found a mass balance sensitivity to temperature
changes (CT ) of –0.64 m w.e. K−1 and precipitation changes (CP ) of +0.22 m w.e. (10%)−1 .
Similar values are reported by De Woul and Hock (2005) (CT = −0.66 m w.e. K−1 and
CP = +0.28 m w.e. (10%)−1 ), who applied a degree-day model to nearby weather station
data. With the spatially distributed energy and mass balance model (Ch. 5), we find higher
sensitivities to temperature and slightly higher values for precipitation for both Rembesdalsskåka (CT = −0.92 m w.e. K−1 and CP = +0.31 m w.e. (10%)−1 ) and the entire ice cap
(CT = −0.94 m w.e. K−1 and CP = +0.30 m w.e. (10%)−1 ). Hence, a mass balance anomaly
of –0.40 m w.e. with respect to the present-day mass balance (∆B = −0.3 m w.e.) would correspond to a temperature increase of 0.4–0.6 K, while the projected temperature increase for
southern Norway from 1961–1990 to 2071–2100 amounts to 2.5–3.0 K (e.g., Engen-Skaugen
et al., 2007). Although precipitation in southern Norway is projected to increase in a warmer
climate (e.g., Hanssen-Bauer et al., 2003; Räisänen et al., 2004), the most probable values of
+10–20% will not be enough to compensate for the large mass balance decrease associated
by the projected temperature increase. Combined with the strong response to a lowered mass
balance found here, this suggests that Hardangerjøkulen will disappear in the projected future
climate.
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6.6

Climate sensitivity

To determine the sensitivity of Hardangerjøkulen to mass balance changes in more detail,
we applied a constant mass balance anomaly ∆B to different initial ice cap configurations
and let the ice cap evolve to the corresponding equilibrium configuration. We started from
a condition without ice and determined the steady-state ice volume for values of ∆B ranging
from –0.5 to +0.5 m w.e., with 0.02 m w.e. intervals. No ice cap can exist for ∆B values lower
than −0.4 m w.e. (Fig. 6.8a). For increasingly positive mass balance anomalies a thin ice
layer starts to grow on the high bedrock ridges (Fig. 6.9), but a sudden jump to a large ice
cap does not occur before ∆B is larger than +0.02 m w.e. The small jump in ice volume
between ∆B values of +0.20 and +0.22 m w.e. is associated with the north-western part of
Hardangerjøkulen suddenly growing far beyond the present-day margins, accompanied by
significant thickening. Because the bedrock topography is highly uncertain in this part of the
ice cap, this may not be realistic behaviour. The other small jump in ice volume between ∆B =
+0.48 and +0.50 m w.e. corresponds to a significant advance and thickening of Midtdalsbreen,
crossing the small hill in the present-day glacier forefield (Fig. 6.5).
Starting with the steady-state ice cap corresponding to ∆B = +0.5 m w.e. and stepwise
decreasing the mass balance anomaly produces a different curve than for increasing mass
balance anomalies, with an accelerated decrease in ice volume for values of ∆B lower than
–0.12 m w.e. (Fig. 6.8a). This hysteresis in equilibrium states for Hardangerjøkulen is a result
of the mass balance–altitude feedback. For example, when a slightly negative mass balance
anomaly (∆B = −0.06 m w.e.) is imposed on an existing ice cap, an ice cap close to the
present-day geometry is produced (Fig. 6.9). But when there is no initial ice, the surface
altitude and hence the mass balance are lower and no ice cap is formed with the same mass
balance profile. Only when ∆B is larger than +0.02 m w.e., the ice situated on the highest
ridges increases the surface elevation far enough to keep the ice growing into an ice cap.
The outlet glacier Midtdalsbreen already exists as a short glacier before the ice volume increases abruptly (Fig. 6.9), the other outlet glaciers are absent. But in the reverse direction,
Midtdalsbreen and Rembesdalsskåka retreat for increasingly negative mass balance anomalies (Fig. 6.9), while the outlet glaciers in the eastern part almost do not change. That the
mass balance–altitude feedback may cause multiple equilibria and hysteresis was first shown
by Oerlemans (1981) and has also been demonstrated by analytical modelling work (e.g.,
Oerlemans, 2008, section 2.3).
To determine which feedback processes are associated with the sudden jumps in ice volume, we performed additional steady-state runs with different mass balance functions. For
these runs, we used the surface elevation from the DEM as initial condition. Hence, the results for mass balance perturbations to the profile with a shifting mass balance maximum
B0ref (zs , ∆ zs,max ) (‘adapt maximum’ in Fig. 6.8b) slightly differ from the ice volumes shown
in Fig. 6.8a, where we started from a larger initial ice cap. When the maximum in the mass
balance profile is not adjusted for changes in the summit elevation, the decrease in ice volume
for negative mass balance anomalies is slower because the mass balance decrease at the high
altitudes is less than with an adapting maximum. Furthermore, the ice cap does not disappear entirely for the most negative anomalies, some ice remains on the high bedrock ridges.
Hence, the shifting mass balance maximum leads to a more sudden jump from a large to a
small ice cap. Removing the mass balance maximum by prescribing a linear profile results in
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a significant increase in the mass balance and hence the ice volume (Fig. 6.8b). Still, for ice
volumes below 10 km3 , the volume decrease accelerates, similar to the runs with a non-linear
profile. The mass balance–altitude feedback can be excluded by prescribing a spatial mass
balance distribution that is constant in time, in this case dictated by the initial (DEM) surface
elevation zs,DEM (x, y). This leads to more gradual and relatively small changes in ice volume
for the range of mass balance anomalies ∆B. These results suggest that the acceleration in
ice loss is associated with the mass balance–altitude feedback, while the presence of a mass
balance maximum does not significantly change the ice cap response. However, when this
maximum adapts to the changing summit elevation, the mass balance–altitude feedback is
amplified and the ice cap disappears faster.

6.7

Conclusion and discussion

By applying an altitude-dependent mass balance profile to a two-dimensional ice-flow model
for Hardangerjøkulen, we have shown that this ice cap is sensitive to changes in the mass
balance. For a mass balance lowering ∆B of 0.22 m w.e. with respect to a reference profile with zero net mass balance, all outlet glaciers of Hardangerjøkulen disappear, only on
the high bedrock ridges, some ice remains. When the mass balance is further decreased to
∆B = −0.4 m w.e., all ice melts away. A less abrupt, but still accelerated disappearance of
Hardangerjøkulen is found when the elevation of the maximum in the mass balance profile
cannot adapt to a changing summit elevation and for the case with a linear mass balance
profile. The ice volume decreases more gradually when the mass balance–altitude feedback
is excluded, suggesting that this feedback mechanism causes the accelerated ice loss for in-
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creasingly negative mass balance anomalies.
In this study, the shape of the mass balance profile does not change for a larger or smaller
ice cap. The present-day precipitation distribution is likely related to the surface topography
and may change when Hardangerjøkulen becomes considerably larger or smaller. Especially
when the flat plateau splits up into individual outlet glaciers, the accumulation distribution
could be affected by the changed surface slopes. The ablation profile may also change, for
instance by lower albedos for a longer-exposed summer surface or by a changed solar insolation pattern for a different topography. However, our results are rather robust under changes
in the mass balance profile and we expect that a different profile will only accelerate or delay
the disappearance of the ice cap. Similar behaviour may be expected for other ice caps in
southern Norway, provided that the mass balance gradient is comparable and that the surface
and bedrock topographies have similar characteristics as for Hardangerjøkulen.
That ice caps in southern Norway can disappear within several centuries is also demonstrated by Holocene glacier fluctuations. These were reconstructed from sediment properties
and layering in cores obtained at sites receiving glacier meltwater at present and/or in the past
(e.g. Nesje, 2009). For example, the north-eastern part of Hardangerjøkulen had apparently
melted away completely by 8000 years before present (BP), after it had reached a position
beyond its present-day extent between 8400 and 8100 BP (Dahl and Nesje, 1994). Other investigated glaciers and ice caps were also absent during several centuries in the Holocene,
although the timing is not synchronous (Bakke et al., 2005; Matthews et al., 2005; Nesje
et al., 2008). We have shown that only a small mass balance anomaly is needed for such
a dramatic retreat. This implies that the ice caps in southern Norway will most likely not
survive in a future warmer climate, for which projected climate and mass balance anomalies
are much larger.
Acknowledgements. We acknowledge Jojanneke van den Berg for providing the ice-flow model
code. We are grateful to Kjetil Melvold for providing the ice thickness measurements and computing the
ice thickness distribution for the entire ice cap. We thank NVE, in particular H. Elvehøy, for providing
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7

The ice cap Hardangerjøkulen in the 21st
century
In this chapter, the spatially distributed mass balance model presented in Chapter 5 is coupled to the
ice-flow model described in Chapter 6. The coupled model is used to assess the dynamic response of
Hardangerjøkulen to changes in climate. For this purpose, the mass balance model is slightly altered to
be able to calculate the surface mass balance for all grid cells in the model domain and for a changing
topography. The coupled model realistically simulates the observed glacier length changes during the
20th century and the measured surface topography in 1995. We computed the mean climate for the
period 1961–1990 from local meteorological data and used this seasonal cycle in the meteorological
variables as a basis to prescribe climate projections for the 21st century at Hardangerjøkulen. For the
projected 3◦ C temperature increase from 1961–1990 to 2071–2100, the net mass balance soon becomes
negative at all altitudes and Hardangerjøkulen disappears around the year 2100. The projected changes
in the other meteorological variables can at most partly compensate for the effect of the projected
warming.

This chapter is combined with parts of Chapters 5 and 6 in: Giesen, R. H. and J. Oerlemans. Response of the
ice cap Hardangerjøkulen in southern Norway to the 20th and 21st century climates (paper in preparation).

161

7. Hardangerjøkulen in the 21st century

7.1

Introduction

The topography and spatial extent of a glacier continuously change as a response to variations
in the surface mass balance. Hence, when the surface mass balance is calculated over decadal
or longer periods, the topography should be updated regularly for an accurate simulation.
When detailed glacier maps are available, these can be used to compute historical glacier mass
balances (e.g., Vincent, 2002; Huss et al., 2008). When glacier maps are absent or when mass
balance calculations are performed for future climate conditions, changes in glacier shape and
size can be determined with an ice-flow model.
For land-terminating glaciers, geometry changes are dictated by changes in the surface
mass balance distribution. The surface mass balance in its turn depends on the surface elevation and orientation. To include feedback mechanisms associated with this interdependence,
a mass balance and ice-flow model need to be coupled on a time-scale much shorter than
the response time of the glacier. At the same time, these feedback processes can amplify
errors in the modelled mass balance or ice thickness and may lead to large excursions from
the real glacier evolution. It is therefore important to use a sophisticated mass balance model,
based on physical modelling of the surface mass balance (e.g., Klok and Oerlemans, 2002;
Arnold, 2005; Gerbaux et al., 2005). Incoming solar radiation for example depends on the
surface slope and aspect and should therefore be recalculated when the surface topography
has changed.
A physical representation of the surface energy and mass fluxes is also necessary to translate changes in climate to a change in surface mass balance. Simple relations between for instance air temperature and ablation may not longer be valid in a climate that is much warmer
than the climate used to calibrate the relationship. When the individual fluxes in the surface
energy balance are defined as functions of the principal meteorological variables, changes in
these variables can easily be incorporated in the model.
In this chapter, we use a spatially distributed mass balance model (Ch. 5) coupled to
a two-dimensional ice-flow model (Ch. 6) to simulate the response of Hardangerjøkulen
to the projected 21st century climate change for southern Norway (RegClim project,
http://regclim.met.no). The model ability to simulate a realistic ice cap evolution is first
verified with a simulation over the 20th century, where we compare the model results with
observed length changes and surface topography. We discuss the changes in shape and size of
the ice cap in both the 20th and the 21st century. Different climate projections are prescribed
to determine the effect of various changes in the meteorological variables.

7

7.2

Model description

7.2.1

The coupled model

The model domain (18×18 km2 ) and horizontal resolution (100 m) of the coupled model are
the same as for the ice-flow model (Ch. 6). Since we use constant deformation and sliding
parameters in the ice-flow model, seasonal variations in the ice flow are not represented realistically. This is not a problem, because we are interested in the long-term evolution of
Hardangerjøkulen. For the same reason, it is not necessary to couple the models at very short
time scales. We therefore compute the annual surface mass balance on a fixed grid and feed
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the resulting mass balance field to the ice-flow model to compute the ice thickness changes
corresponding to that year’s annual mass balance. The updated surface topography and ice
cap extent are fed back to the mass balance model to start the calculations for the next year.

7.2.2

Mass balance for a changing ice cap geometry

A number of small alterations to the mass balance model (Ch. 5) was required to let the mass
balance adapt to changes in topography and ice cap extent and to determine the mass balance
for non-glacierized pixels.
• At the beginning of each mass balance year, the surface elevation is updated and the
corresponding surface slope, aspect and horizon angles are computed for use in the
radiation calculations.
• We use the same albedo parameterization for all pixels. The albedo of non-glacierized
pixels (zero ice thickness) is set to 0.15 when no snow is present, representing bare
rock.
• The altitudinal precipitation gradient derived from comparing the modelled and measured winter balance profile on Rembesdalsskåka (Sect. 5.2.3) is zero for altitudes below 1320 m a.s.l. We extend this result to elevations below the present-day minimum
ice cap elevation, where the altitudinal precipitation gradient is unknown. This implies
that when no spatial gradient would be applied, all grid cells below 1320 m a.s.l. would
receive the same amount of precipitation, irrespective of their altitude. Because the air
temperature decreases with altitude, snow accumulation still increases with altitude.
• The maximum in the altitudinal precipitation profile changes along with variations in
the summit elevation, similar to the shifting maximum in the net mass balance profile
used in Chapter 6.
• The south-west–north-east spatial precipitation gradient (Sect. 5.2.3) is extended to the
entire model domain, where precipitation is enhanced in the south-western part of the
domain and reduced in the north-eastern part.
• Similar to the altitudinal precipitation profile, the altitude above which we prescribe an
increase in the turbulent exchange coefficient (1650 m a.s.l. for the present-day geometry, Sect. 5.2.3) changes according to the changes in summit elevation.
• Meteorological input data from Bergen were used until 1957. Since winter, summer
and net mass balances modelled with local input data are correlated best with measured
values (Sect. 5.4.2), we use local meteorological data from 1958 onwards.

7.3

Hardangerjøkulen in the 20th century

We first use the coupled model to simulate the ice cap evolution from 1905 to 2005. In
Chapter 5, the surface mass balance was calculated over the same period, but with a constant
surface topography to determine the mass balance variability induced by climate fluctuations.
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Figure 7.1: Modelled ice thickness for 1905, 1928, 1961 and 1995. Contour lines are drawn for 50 m
intervals. The thick line indicates the present-day ice cap outline.
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With the coupled model, the surface mass balance not only varies due to changes in climate,
but also reacts to changes in the surface topography and ice cap extent induced by the mass
balance history. When the coupled model is able to reproduce the observed length changes
of Rembesdalsskåka and Midtdalsbreen and the surface topography given by the 1995 DEM,
we can be confident that the model is able to simulate a realistic ice cap evolution for a given
future climate scenario.
Because there are no maps or outlines of Hardangerjøkulen available for the early 20th
century, we use the 1904 ice cap modelled in the dynamic calibration to prescribe the ice
cap geometry at the beginning of 1905. With the optimal mass balance history for Rembesdalsskåka (Sect. 6.4), the modelled glacier lengths of Rembesdalsskåka and Midtdalsbreen in
the early 20th century are both close to the measured values. We therefore chose the 1904 ice
cap from this simulation to initialize the run with the coupled model.
In 1905, the margin of Hardangerjøkulen was located at an intermediate position between
its maximum Little Ice Age extent and the present-day geometry (Fig. 7.1). The ice cap continued to lose volume until 1917, after which a number of positive mass balance years let the
ice cap volume increase almost back to its 1905 volume (Fig. 7.2) and geometry (Fig. 7.1).
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7

Rembesdalsskåka is known to have advanced about 50 m between 1919 and the late 1920s,
building a distinct moraine before retreating again (Fægri, 1936). This advance is smaller
than the model resolution (100 m) and is therefore not captured in the modelled length change
record. The modelled frontal position of Rembesdalsskåka in 1928 corresponds well to the
1928 extent reported by Liestøl (1956). Midtdalsbreen is too large compared to the 1930
moraines identified by Andersen and Sollid (1971). After the small advance in the 1920s,
a period with highly negative annual mass balances led to fast volume decrease of Hardangerjøkulen until 1950 and an accelerated retreat of the outlet glaciers (Fig. 7.2). The net mass
balance was less negative from 1949 onwards, reducing the speed of volume loss, while the
outlet glaciers continued to retreat. Between 1928 and 1961, the ice thickness substantially
decreased over the entire ice cap and the ice cap margin retreated along the entire outline
of Hardangerjøkulen (Fig. 7.1). The modelled ice cap extent in 1961 corresponds quite well
to the documented glacier outline for the south-western part of the ice cap, in the northeastern part the modelled ice cap is too large (H. Elvehøy, pers. comm.). The period between
1961 and 1995 is characterized by steadily increasing net mass balances, culminating in the
anomalously positive mass balance years in the late 1980s and early 1990s. The modelled
ice thickness change between 1961 and 1995 (not shown) displays the same overall pattern
as the surface elevation change determined from the 1961 and 1995 DEMs (Andreassen and
Elvehøy, 2001). We find a 0 − 10 m increase in ice thickness in the interior and generally an
ice thickness decrease close to the outlet glacier margins. The observed increase in ice thickness for the entire Rembesdalsskåka basin is not reproduced by the model. An advance in the
late 1990s is modelled for Midtdalsbreen, but not for Rembesdalsskåka, where the measured
advance was significantly larger (Fig. 7.2). The length change measurements are however
conducted at a slightly different location than the end of the flowline we use to determine the
glacier length of Rembesdalsskåka. A comparison of the modelled surface profile with the
1995 DEM shows that the modelled glacier length in 1995 is correct and that the modelled
surface profile is almost identical to the measured elevations (Fig. 7.3). The modelled surface
profile for Midtdalsbreen in 1995 does not correspond well to the 1995 DEM; the model underestimates the length change of Midtdalsbreen through the entire 20th century (Fig. 7.2).
However, when a smaller initial ice cap geometry is used to simulate the 20th century evolution of Midtdalsbreen, both the length record and the surface topography in 1995 are better
reproduced. Hence, even for a century-long simulation, the initial conditions are important
for the final result.
We find that the coupled model is well able to simulate the observed variations of Hardangerjøkulen through the 20th century. The model performs somewhat less for the north-eastern
part of the ice cap, probably a result of the initial ice thickness or the mass balance distribution, which is more uncertain for this area. The mass balance values modelled for the
Rembesdalsskåka basin correspond very well to the measurements in the period 1963–2005
(Kjøllmoen et al., 2006). The linear correlation coefficients of the modelled and measured
winter, summer and net mass balances are 0.91, 0.75 and 0.88, respectively, and the mean
difference is smaller than ±0.05 m w.e. The linear correlations are equal to those obtained
with the mass balance model and a constant 1995 DEM topography. This means that the
surface topography between 1963 and 2005 is modelled realistically.
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7.4
7.4.1

Climate projections
The RegClim results

We apply climate projections for southern Norway from the RegClim project (Sect. 1.2.3;
http://regclim.met.no). The projected changes in temperature and precipitation depend on the
choice of the emission scenario, the climate model and the downscaling method. We therefore
use a number of different projections as input to the model, to determine the variability in the
ice cap response to different climate changes. The climate projections give the change in air
temperature, precipitation, cloudiness, air pressure and wind speed from the normal period
1961–1990 to 2071–2100. The results from the RegClim project indicate an increase in the
annual mean temperature (∆T ) of approximately 3◦ C for the area around Hardangerjøkulen
from 1961–1990 to 2071–2100, with the largest changes in autumn and winter (Sect. 1.2.3).
Annual precipitation will probably increase by approximately 10%, although an increase of
∆P = +70% is projected by one of the models (Räisänen et al., 2004). The projected increase
in autumn and winter precipitation is larger than the annual mean change, while summer
precipitation may decrease. Since the net mass balance on Hardangerjøkulen is most sensitive to temperature changes in summer and precipitation changes in winter (Sect. 5.4.6),
we investigate the effect of a seasonal cycle in the climate projections compared to annual
changes. The projected air pressure change is smaller than ±5 hPa, which is too small to have
a notable effect on the calculated mass balance (Sect. 5.3.2) and is therefore not further investigated. Cloudiness is projected to change by less than 5% in all seasons. The present-day
surface mass balance is only slightly affected by cloudiness changes in this range, because
the change in solar radiation is compensated by a change in longwave radiation of the opposite sign (Sect. 5.2.4). In a warmer climate, incoming longwave radiation will likely change
more than incoming solar radiation and the effect of cloud fraction changes may be different.
We therefore investigate the effect of a 0.05 increase in the cloud fraction in combination
with a temperature increase. The effect of the projected wind speed change of ±6% cannot
be determined easily because wind speed is only indirectly incorporated in the turbulent exchange coefficient. Furthermore, the turbulent exchange already has the largest uncertainty
of all the fluxes in the energy balance and may be affected in different ways in a changed
climate and for a changed ice cap geometry. By increasing the turbulent exchange coefficient
by 10% along with a temperature increase, we use the model to obtain a rough estimate of
wind speed changes on the surface mass balance.

7

7.4.2

Control climate (1961–1990)

For the 20th century, meteorological measurements served as input for the mass balance
model. For the future projection we use a superposition of climatological data and linear
changes in the meteorological variables from 1961–1990 to 2071–2100. Because the mass
balance model performed best with local meteorological data, we use the local data for the
period 1961–1990 (Slirå and Finse) to create a climatological control series. The climatological annual cycle was simply defined as the 30 year average for each daily or hourly interval as
used in the model. The resulting seasonal cycles are shown in Fig. 7.4. Air temperature has a
sinusoidal seasonal cycle with a minimum in early February and a maximum in early August.
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The annual temperature range is 18◦ C, similar to the annual range in the AWS measurements
from Midtdalsbreen (Ch. 3). Daily mean relative humidity is higher than 70% through the
year, with the lowest values in early June. Cloudiness and precipitation show a similar annual
cycle with maximum values in autumn and minimum values in late spring and early summer.
By averaging over 30 years, we obtained a meteorological record without any extremes:
there are for instance no clear-sky days and precipitation occurs on every day. It was therefore
questionable whether the model simulations with the control climate would result in similar
annual mass balance values and climate sensitivities as obtained with the local meteorological data over the period 1961–1990. The winter balance modelled with the climatological
series is slightly larger than the mean value from the NVE measurements and was therefore
multiplied by a factor 0.96 to match the mean measured winter balance over the period 1963–
1990. The modelled summer and net mass balance correspond well to the mean NVE values,
the difference is less than ±0.01 m w.e. To test the climate sensitivity of the mass balance
modelled with the control climate data, the mass balance was recalculated for ∆T = +3◦ C.
We further assume that relative humidity does not change in the warmer climate. The water
vapour pressure is calculated from both relative humidity and air temperature and therefore
the absolute humidity is larger in a warmer climate. Because all energy fluxes are defined as
functions of the principal meteorological input data, they automatically change along with the
higher air temperatures. We find a change in net mass balance of –3.44 m w.e. for ∆T = +3◦ C,
compared to –3.58 m w.e. for the realistic meteorological input data. For a 10% increase in
precipitation, the net mass balance increases by 0.28 m w.e., compared to 0.30 m w.e. with the
local meteorological data. Since both the mean mass balance and the climate sensitivity only
slightly change when the control climate data is used instead of realistic meteorological data,
we decided that the 30-year-average annual cycles could be used as the control climate for
the climate projections.

7.4.3

Changes in the surface energy balance

Figure 7.5 illustrates the modelled seasonal cycles of the energy fluxes at the AWS location
on Midtdalsbreen and the summit of Hardangerjøkulen, for the control climate, the control
climate with ∆T = +3◦ C and their difference. The seasonal cycles were determined from two
one-year runs on the DEM topography. Long-term effects, for instance resulting from surface
altitude and orientation changes are therefore not included.
The energy fluxes that are direct functions of air temperature, the net longwave radiation (Lnet ) and the turbulent fluxes (Hsen and Hlat ), show similar changes in their seasonal
cycles for ∆T = +3◦ C. The maximum change is simulated for mid-summer, when the surface
temperature is restricted to the melting point at both altitudes and the temperature difference
between the air and the surface is largest. The surface temperature is found to increase along
with the air temperature, as long as it is lower than the melting point temperature. Therefore,
almost no change in the surface energy fluxes is seen in the winter months. Although net
solar radiation (Snet ) is not a direct function of the air temperature, the simulated changes for
the warmer climate are of the same order as the increase in the longwave radiation and the
turbulent fluxes. Unlike the longwave radiation and turbulent fluxes, the net solar radiation
changes fluctuate largely in time and space. The largest differences are found for the months
with the largest change in surface albedo. For instance, the snow at the AWS site on Midt169
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values.
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dalsbreen will have melted by early June instead of early July when ∆T = +3◦ C, leading to
a maximum increase in net solar radiation in June. In the warmer climate, the snow albedo
at the summit starts to decrease earlier in spring and further decreases halfway July, when all
winter snow has melted and the old snow from the previous year is exposed. These reductions
in surface albedo have a significant effect on the net solar radiation. The subsurface heat flux
(G) remains small in the warmer climate. At both locations, the energy available for melt (Q)
is considerably larger in a 3◦ C warmer climate, especially in the summer months. However,
the melt season does not become much longer and melt is still negligible from November to
March at the AWS site on Midtdalsbreen and from October to April at the ice cap summit.
This simulation shows how the surface energy fluxes at different altitudes are affected
by an instantaneous temperature increase. For the future projection of Hardangerjøkulen,
the air temperature is assumed to increase linearly in time and the ice cap surface will have
lowered with respect to the DEM topography by the time the temperature has increased by
3◦ C. For the instantaneous 3◦ C temperature increase prescribed here, we obtain surface mass
balances lower than –2 m w.e. for the entire ice cap. We can therefore expect that smaller
temperature increases already cause a significant surface lowering, further enhanced by the
mass balance–altitude feedback.

7.4.4

Incorporation in the mass balance model

All investigated future climate projections were incorporated in the same way in the model.
Since the projections are defined as the change from the normal period 1961–1990 to 2071–
2100, we assume a linear increase/decrease of the considered meteorological variable by the
projected amount from the middle of the first period (1976) to the middle of the second period
(2086). As meteorological input data are available until 2005, the climatological data is used
from 2006 onwards. Hence, the imposed climate change is applied from 2006 onwards and
is already larger than zero at the beginning of the simulation. We determined the effect of
various changes in annual temperature, as well as the combination of the most probable temperature increase (∆T = +3◦ C) with different increases in precipitation. The largest increase
in both temperature and precipitation is projected for autumn and winter, we therefore also
investigate the effect of seasonally varying ∆T and ∆P. Since the timing of the maximum and
minimum is uncertain, we determine the effect of a sinusoidal variation with the maximum in
mid-autumn (15 October) and the minimum in mid-spring, as well as a sinusoidal variation
with the maximum in mid-winter (15 January) and the minimum in mid-summer. The amplitude of the oscillation is estimated from the RegClim results, where ∆T is varied by ±0.6◦ C
from a mean value of +3.0◦ C and ∆P is varied by ±15% from a mean change of +10%.

7.5

Hardangerjøkulen in the 21st century

The effect of different climate scenarios on the modelled ice cap mass balance and volume
and the length of Rembesdalsskåka and Midtdalsbreen is shown in Table 7.1. All absolute
and relative changes are given for the year 2086 with respect to a reference run with the
unchanged control climate. By our definition of the climate projection, the projected change
in climate for 2071–2100 occurs in 2086. The modelled volume and length evolution through
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Figure 7.5: Modelled seasonal cycle of the surface energy fluxes at the AWS location on Midtdalsbreen
and the summit of Hardangerjøkulen, using the 1961–1990 control climate with ∆T = 0◦ C (a and b)
and ∆T = +3◦ C (c and d). The lowest panels (e and f) show the change in energy fluxes for the warmer
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Table 7.1: Effect of different changes in air temperature (∆T ) and precipitation (∆P) on the modelled
winter (Bw ), summer (Bs ) and net (Bn ) surface mass balance and ice volume (Vice ) of Hardangerjøkulen
and the length of Rembesdalsskåka (LRemb ) and Midtdalsbreen (LMidt ) in the year 2086. The climate
projections are prescribed as an annual or as a seasonally varying change, with the maximum on either
15 October or 15 January. All changes (∆) are given with respect to the reference run with the control
climate for 1961–1990. The surface mass balance is the total surface mass balance over the modelled
ice cap.
∆T
(◦ C)
0

Reference

Annual
Annual
Annual
Annual
Annual
Seasonal, max.
Seasonal, max.
Seasonal, max.
Seasonal, max.

15 Oct
15 Oct
15 Jan
15 Jan

+1
+2
+3
+3
+3
+3
+3
+3
+3

∆P
(%)
0

Bw
(m w.e.)
+2.03

Bs
(m w.e.)
–1.95

Bn
(m w.e.)
+0.08

Vice
(km3 )
12.1

LRemb
(km)
9.1

LMidt
(km)
4.9

0
0
0
+10
+50
0
+10
0
+10

∆Bw
(m w.e.)
–0.12
–0.45
–0.96
–0.71
+0.32
–0.98
–0.68
–0.79
–0.33

∆Bs
(m w.e.)
–0.83
–2.30
–3.53
–3.39
–2.93
–3.56
–3.41
–3.02
–2.79

∆Bn
(m w.e.)
–0.96
–2.75
–4.50
–4.10
–2.61
–4.54
–4.08
–3.81
–3.12

∆Vice
(%)
–31
–64
–88
–84
–60
–89
–84
–81
–70

∆LRemb
(%)
–5
–22
–27
–25
–21
–27
–25
–25
–23

∆LMidt
(%)
–14
–37
–51
–49
–23
–55
–49
–47
–39

the 21st century are shown in Fig. 7.6 for a selection of the investigated climate scenarios.
When the climate is unchanged, hence when the climate normal data are prescribed, the
net mass balance is slightly positive and Hardangerjøkulen retains its present-day geometry. For increasingly positive temperature anomalies, the ice volume quickly decreases and
Rembesdalsskåka and Midtdalsbreen retreat. For ∆T = +3◦ C over the period 1976–2086,
distributed equally over the year, Hardangerjøkulen has almost completely disappeared by
the year 2100. The largest changes are observed in the summer mass balance, but the winter
balance also significantly decreases. A 10% precipitation increase along with the 3◦ C temperature increase has only a small effect on the projected volume and length changes. For
∆P = +50%, the ice cap disappears more slowly, but the effect of the temperature increase is
by far not compensated.
Prescribing seasonally varying ∆T and ∆P with the maximum change in autumn (15 October) does not result in a notably different response of the ice cap (Table 7.1). When the
maximum change occurs in winter (15 January), the winter balance remains more positive
and the summer and net balance less negative, resulting in a slower decrease in ice volume
and retreat of the outlet glaciers. Hence, the timing of the maximum in ∆T and ∆P does
affect the mass balance and hence the response of the glacier. The mass balance on Hardangerjøkulen is most sensitive to temperature changes in mid-summer and precipitation changes
in late-autumn and early winter (Sect. 5.4.6). When the maximum temperature change occurs in winter, temperatures are still far too low to affect the snow accumulation or induce
melt (Fig. 7.5). On the other hand, the smaller temperature increase from late spring to early
autumn with respect to a constant annual change, leads to a higher winter balance and less
summer ablation. Additional precipitation in winter further enhances this effect. For a max173
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2100 for different climate scenarios applied from 2006 onwards. The imposed temperature (∆T in ◦ C)
and precipitation (∆P in %) changes are constant through the year.
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2100, for the climate projection with ∆T = +3◦ C and ∆P = +10%. The mass balance profile for the
control climate and the area distribution at the end of 2005 are shown for reference.

imum change in autumn, the mass balance is similar to the case without a seasonal cycle
because opposite changes occur in spring and autumn, when the sensitivity to temperature
and precipitation changes is similar.
An increase in the wind speed, simulated by a 10% increase in the turbulent exchange
coefficient together with the 3◦ C temperature increase, has a negligible effect on the modelled response of Hardangerjøkulen (∆Vice = −89% in 2086, instead of –88%). A similarly
prescribed increase of 0.05 in the cloud fraction also only slightly changes the model results
(∆Vice = −91%). Apparently, the effect of the temperature increase on the incoming longwave radiation and the turbulent fluxes is much larger than changes induced by an increase
in cloudiness or wind speed.
For one of the most probable scenarios (∆T = +3◦ C and ∆P = +10%), we discuss the
modelled future changes in more detail. In the very near future, by 2010, the equilibriumline altitude (ELA) is expected to be situated around 1740 m a.s.l. and only 35% of the total
ice cap is located above the ELA (Fig. 7.7). However, the 2010 ice cap (Fig. 7.8) is very
similar to the ice cap modelled for 1995 (Fig. 7.1) and 2005, because the ice volume only
just started to decrease after reaching a maximum in the year 2000 (Fig. 7.6). In 2040, the
outlet glaciers have retreated from the present-day margin and the ice thickness in the interior
has approximately decreased by 50 m. The net mass balance has then become negative at
all altitudes (Fig. 7.7a), implying that the entire ice cap is bound to disappear, even without
increased future warming. The largest mass balance changes are found to take place at the
higher altitudes, where the albedo changes most. A significant retreat occurs between 2040
and 2070, the ice cap plateau splits up into separate outlet glaciers and the ice thickness
considerably decreases (Fig. 7.8). Because the ice layer at the high bedrock ridges is relatively
thin (<100 m, Fig. 7.1), it has completely melted away by 2070, while ice still remains at the
lower altitudes where the ice is thicker. By 2100, almost all ice has disappeared, thin ice
layers only remain in the basins where the present-day ice is thickest.
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Figure 7.8: Modelled ice thickness for 2010, 2040, 2070 and 2100, for the climate projection with
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176

7.6. Conclusion and discussion
12

3

Ice volume (km )

10
8
6
4
2
0
2000

reference

no feedback
2020

2040

2060

2080

2100

Figure 7.9: Modelled ice cap volume from 2006 to 2100 for the climate projection with ∆T = +3◦ C and
∆P = +10%, shown together with a simulation without mass balance–altitude feedback.

In Chapter 6 we showed that the ice volume change at Hardangerjøkulen is to a large
extent influenced by the mass balance–altitude feedback. To determine the effect of this
feedback mechanism in the future evolution of Hardangerjøkulen, we did an additional simulation with ∆T = +3◦ C and ∆P = +10%, where the mass balance distribution was calculated
for the 2005 ice cap topography throughout the model period. In the first years, the ice volume decrease is only slightly smaller when the mass balance–altitude feedback is excluded,
because the surface topography is similar (Fig. 7.9). Slowly the difference between the two
simulations becomes larger and by the year 2100, the ice volume difference is about 2 km3 .
In Chapter 6 we found that when the mass balance–altitude feedback is included, small negative mass balance anomalies can already let the entire ice cap disappear. The mass balance
changes projected for the future are so large that Hardangerjøkulen also rapidly disappears
when the mass balance–altitude feedback is not included, the ice volume only decreases
slower.

7.6

Conclusion and discussion

A spatially distributed mass balance model was coupled to a two-dimensional ice-flow model
to simulate the response of Hardangerjøkulen to projected climate change in the 21st century.
By using a physically based mass balance model, projected changes in the meteorological
variables could directly be incorporated in the model. The model was first validated with a
simulation through the 20th century and was found to reproduce the evolution of Hardangerjøkulen as observed from changes in the glacier length and the surface topography.
For the projected 3◦ C warming, the model simulation indicates that Hardangerjøkulen
will have almost disappeared by the end of the 21st century. The probable 10% increase in
precipitation only slightly changes the modelled response; even a 50% precipitation increase
can only partly compensate the effect of the temperature change. When the largest changes
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in temperature and precipitation are prescribed in winter, similar to the projections, the ice
cap disappears slower. However, none of the probable changes in the other meteorological
variables have such a large effect as a 3◦ C warming.
A fast disappearance in a warmer climate has also been projected for Nigardsbreen, an
outlet glacier from the ice cap Jostedalsbreen, 130 km north of Hardangerjøkulen (Oerlemans,
1997). Although he uses a simple mass balance representation and a flowline model, the
results are similar. Only a small warming rate is needed for a significant decrease in ice
volume, a simultaneous increase in precipitation only delays the glacier retreat.
Although we used a physically based mass balance model, there are still many factors
adding uncertainty to the results. First of all, the future climate is modelled in a simple way.
The interannual variability in the present-day climate of southern Norway is large, but we
prescribe the same annual cycle for every year. The projected climate change is assumed to
be constant or seasonally varying, while changes will most likely not be the same for different
weather types. Secondly, the mass balance model contains several parameterizations which
may be different for the future climate and ice cap. One example is the ice albedo, which
is assumed to be constant in space and time. In a warmer climate with less snowfall and a
larger ablation area, more dust may accumulate on the ice surface, decreasing the albedo.
A systematic lowering of the ice albedo has already been observed on Morteratschgletscher
in Switzerland (Oerlemans et al., 2009). The precipitation distribution and the snowpack
structure are also simulated in a simple way and may not be correct for a warmer climate
and a different ice cap topography. A high-resolution atmospheric model and a sophisticated
snowpack model are needed to improve the model in this respect, which is outside the scope
of this study.
Because there is no validation possible, simulations into the future always have some degree of uncertainty. By using a coupled model where the terms in the surface energy and
mass balance are computed individually, feedback effects are included in realistic way in our
simulation of Hardangerjøkulen. The largest uncertainties in the model results can therefore
be ascribed to the large range in climate scenarios and not to the model design. We can conclude that, provided that a 3◦ C warming indeed occurs in the 21st century, Hardangerjøkulen
is bound to disappear within the next 100 years.
Acknowledgements. We thank the Norwegian Meteorological Institute for access to and use of
their meteorological database eKlima. NVE is acknowledged for use of the length change measurements.
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General conclusions and outlook
The coupling between climate and glacier fluctuations occurs via the surface mass balance.
To translate changes in meteorological variables like air temperature and precipitation to
changes in glacier total mass, the physical processes governing the surface mass balance need
to be understood. Since glaciers in a certain region experience similar climate fluctuations,
interannual variations in the surface mass balance on these glaciers are generally correlated.
However, due to differences in orientation and geometry, the absolute mass balance values
can vary substantially. Furthermore, mass gain or loss are not distributed evenly over the
glacier surface, but display large spatial variability. A realistic model of the surface mass
balance distribution is therefore essential to extrapolate point measurements over the entire
glacier surface area and to assess past and future glacier variations associated with changes
in climate.
This thesis discussed the effect of climate changes on the surface mass balance and the
dynamic response of the ice cap Hardangerjøkulen in southern Norway. The availability
of a detailed glacio-meteorological record and a long series of mass balance measurements
enabled a thorough analysis of the relation between variations in climate variables and the
surface mass balance on this ice cap. By coupling the surface mass balance model with a
calibrated ice-flow model for Hardangerjøkulen, the effect of climate change on the ice cap
volume and extent could be studied.
The analysed glacio-meteorological record from Midtdalsbreen, a north-easterly outlet
glacier of Hardangerjøkulen, spanned a period of six years and was of good quality, with only
one data gap affecting all measured quantities. Compared to glacio-meteorological studies
that cover one summer season, this relatively long record provided year-round information
on surface energy and mass exchange and allowed for an analysis of the interannual variability in the measured variables. The applied surface energy balance model was well able
to simulate measured surface temperatures and melt, demonstrating that the model includes
all relevant fluxes in the surface energy balance. Cloudy skies were frequently observed at
Hardangerjøkulen and although the melt rate was generally larger for clear-sky conditions,
the major part of the annual melt occurred during cloudy conditions. For overcast skies, the
turbulent fluxes and net radiation contributed almost equally to the melt energy, implying
that a realistic representation of the turbulent fluxes in a surface energy balance model for
Hardangerjøkulen is important.
The almost complete 5-year records from the identical automatic weather stations
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(AWSs) on Midtdalsbreen and Storbreen provided the opportunity to compare the glaciometeorological conditions on these two glaciers in great detail. Furthermore, the identified
differences and similarities indicated which meteorological variables need particular attention
when used to model the surface energy balance at locations other than the measurement site.
The similarity of the air temperature records from Midtdalsbreen and Storbreen suggested
that this variable is correlated over large distances. However, the correlation with air temperatures measured at the meteorological station Finsevatn, located only 4 km from the AWS on
Midtdalsbreen, was lower. Hence, caution should be exercised when using air temperatures
measured outside a glacier to model the glacier surface energy balance; differences in local
conditions should be accounted for. Although the inter-daily variations in net radiation at the
two sites showed large similarities, absolute values were found to differ significantly, probably due to local effects on cloud properties. Using cloud observations made at some distance
from the glacier can thereby introduce a considerable error in the modelled radiation. The
difference in wind climate on the two glaciers was found to affect the turbulent fluxes and the
total melt to a large extent. Since the turbulent fluxes are significant contributors to the surface energy balance on Norwegian glaciers, local measurements or a model including glacier
boundary-layer processes are required to obtain good estimates of the turbulent fluxes.
The differences in climatological conditions between Midtdalsbreen and Storbreen are
small when compared to the climate at Morteratschgletscher in the European Alps. The mass
balance model developed for Morteratschgletscher could therefore not be applied directly
to Hardangerjøkulen; all parameterizations first needed thorough calibration. Based on the
AWS data from Midtdalsbreen, important adjustments were made to the parameterizations
for the surface albedo, incoming longwave radiation and turbulent fluxes. Since meteorological measurements were only available at two locations on Hardangerjøkulen, surface energy
balance calculations are more uncertain for other parts of the ice cap, especially regarding the
turbulent fluxes. Simple approaches were chosen to represent snowpack processes and the
spatial precipitation distribution in the mass balance model, because measurements were limited. Still, both the short-term fluctuations in the measured surface melt at the AWS location
on Midtdalsbreen and the long-term variations in the annual mass balance measurements on
Rembesdalsskåka were well simulated with the model. The best correlations were obtained
when using local measurements, with the other two meteorological records especially winter precipitation was underestimated in the wettest years. The mass balance model could be
improved by including a sophisticated snowpack model and more representative wind speed
and precipitation distributions, either from measurements or a high-resolution atmospheric
model. This was not feasible for our simulations, covering the entire 20th and 21st centuries.
By using a physically based mass balance model, the surface energy and mass fluxes individually adapted to measured or prescribed changes in the principle meteorological variables
and the surface energy balance could evolve freely. The response of the ice cap to long-term
variations in the surface mass balance and the resulting feedback effect on the surface mass
balance were simulated by annually coupling the mass balance model to an ice-flow model.
The coupled mass balance and ice-flow model was found to perform a realistic 20th century simulation of Hardangerjøkulen. Uncertainties in the mass balance distribution and the
initial ice cap geometry resulted in modelled glacier length changes along the north-eastern
margin that were smaller than observed. Although the parameters in the ice-flow model were
calibrated with a prescribed mass balance distribution and history, changing to the spatially
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distributed mass balance model did not lead to a significantly different 20th century simulation. This indicates that the calibration procedure and the values obtained for the model
parameters are robust. The modelled ice cap fluctuations are most uncertain in the eastern
and north-western parts of the ice cap where (almost) no ice thickness measurements were
made. A better coverage of ice thickness measurements over the ice cap would improve the
accuracy of the bedrock topography and significantly reduce the uncertainty in the model
results.
The mass balance–altitude feedback was found to be important for the ice cap response
to small mass balance anomalies ranging between +0.5 and –0.5 m w.e. For the much larger
negative surface mass balance changes projected for the 21st century, the dynamic response
was found to be less important because the mass balance will soon become negative for the
entire ice cap. Although part of the uncertainty in the projected ice cap evolution can be
attributed to assumptions made in the mass balance and ice-flow models, the largest uncertainty is due to the large spread in climate scenarios for the 21st century. If the projected
temperature increase of 3◦ C until 2071–2100 becomes reality, either accompanied by a 10%
increase in precipitation or not, our model simulations indicate that Hardangerjøkulen will
not survive longer than a century.
The coupled model that was used in this thesis could be applied to other glaciers in southern Norway to simulate their evolution in the 21st century. The general climate conditions on
other glaciers in southern Norway will be similar to those observed on Hardangerjøkulen and
using meteorological data from a local station could probably improve the results. However,
the comparison of the meteorological records from Storbreen, Midtdalsbreen and two nearby
stations revealed that differences in the local wind climate and cloud conditions can be large
and have a substantial effect on the modelled surface energy balance. When local meteorological and/or mass balance measurements are not available for validation of the model results,
the uncertainty in the modelled mass balance will increase. The glacier length and volume
response to climate change can only be modelled when the bed topography is known to some
extent. The model parameters in the ice-flow model can be calibrated anew when glacier
length changes are known, but they will probably not vary much across southern Norway.
Hence, the uncertainty in the coupled model results for other glaciers in southern Norway
will increase with the distance to Hardangerjøkulen, unless there are local measurements to
calibrate the model parameters. Even when the ice thickness is unknown, the mass balance
model can be used to determine whether the mass balance in the entire glacier basin can become negative for probable combinations of model parameterizations and climate scenarios.
If this is the case, the particular glacier will certainly disappear in the future climate.
Hardangerjøkulen will most likely not survive in the projected future climate, but this
does not directly imply that all glaciers in southern Norway are bound to disappear. The almost flat accumulation area and the occurrence of summer melt at all altitudes make Hardangerjøkulen sensitive to climate changes. The other two large ice caps in southern Norway,
Jostedalsbreen and southern Folgefonna, and the other maritime glaciers and ice caps have
similar characteristics as Hardangerjøkulen and will probably disappear rapidly as well. The
more continental glaciers in Jotunheimen have a more regular hypsometry and are situated at
higher altitudes. These glaciers are less sensitive to climate change and have a better chance to
survive the 21st century, although largely reduced in size. Still, reconstructions of Holocene
glacier extent show that also in Jotunheimen, all studied glaciers were absent during one or
181
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more periods in the early-/mid-Holocene, while air temperatures were probably lower than
the temperatures projected for the end of the 21st century. Applying the coupled model to a
number of well-studied glaciers in different regions in southern Norway could give a more
definitive answer on the future of the glaciers in southern Norway.
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Räisänen, J., U. Hansson, A. Ullerstig, R. Döscher, L. P. Graham, C. Jones, H. E. M. Meier, P. Samuelsson and U. Willén (2004). European climate in the late twenty-first century: regional simulations
with two driving global models and two forcing scenarios. Clim. Dyn., 22, 13–31.
Rasmussen, L. A. and H. Conway (2005). Influence of upper-air conditions on glaciers in Scandinavia.
Ann. Glaciol., 42, 402–408.
Reichert, B. K., L. Bengtsson and J. Oerlemans (2001). Midlatitude forcing mechanisms for glacier
mass balance investigated using general circulation models. J. Climate, 14, 3767–3784.
Roeckner, E., L. Bengtsson, J. Feichter, J. Lelieveld and H. Rodhe (1999). Transient climate change
simulations with a coupled atmosphere–ocean GCM including the tropospheric sulfur cycle. J. Climate, 12, 3004–3032.
Scafetta, N. and B. J. West (2006). Phenomenological solar signature in 400 years of reconstructed Northern Hemisphere temperature record. Geophys. Rev. Lett., 33 (L17718). doi:
10.1029/2006GL027142.
Schneider, C., R. Kilian and M. Glaser (2007). Energy balance in the ablation zone during the summer
season at the Gran Campo Nevado Ice Cap in the Southern Andes. Global Planet. Change, 59,
175–188.
Sellevold, M. A. and K. Kloster (1964). Seismic measurements on the glacier Hardangerjøkulen, Western Norway. In: Norsk Polarinstitutt - Årbok 1964. Norsk Polarinstitutt, pp. 87–91.
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