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Summary

The Greenland Ice sheet (GrIS) is the largest freshwater reservoir in the northern hemisphere. Its
complete deglaciation would rise global mean seal level by ∼7.4 m, with severe consequences for
low-lying areas on a global scale. Until the mid-1990s, the ice sheet was likely in approximate balance,
with mass gain from snow accumulation balancing mass loss from surface meltwater runoff and solid
ice discharge through marine-terminating outlet glaciers. Since then, both solid ice discharge and runoff
have increased, owing to enhanced atmospheric and oceanic temperatures. Mass loss from increased
meltwater runoff accounts for ∼60% of the total mass loss since 1991, whilst the remainder is caused
by increased solid ice discharge.
Meltwater runoff does not simply equal rain plus surface melt, as liquid water can be retained in the ice
sheet’s supra-, en- and subglacial hydrological systems. The porous firn layer, which covers ∼90% of
the GrIS, acts as a prominent liquid water buffer. Within this layer, liquid water can be retained by refreezing or by liquid storage in temperate firn (so-called firn aquifers). The latter process is particularly
abundant along the southeastern margins of the ice sheet, where both snow accumulation and summer
melt are large.
To investigate the magnitude of liquid water retention in the firn layer, we applied a physical snow/firn
model (SNOWPACK) to the glaciated area of Greenland. SNOWPACK simulates snow/firn compaction
and considers vertical water percolation and related processes. The model explicitly simulates the evolution of different microstructural snow properties and links them to thermal and mechanical snow
quantities. SNOWPACK is run for the period 1960–2014 with atmospheric forcing data from the regional climate model RACMO2.3.
To assess SNOWPACK’s performance, we use an extensive set of observational data. This data set
includes both in situ measurements (firn density and temperature) as well as remote sensing data from
the Gravity Recovery and Climate Experiment (GRACE) and Operation IceBridge accumulation radar.
The evaluation confirms the model’s capability of reproducing the general characteristics of the presentday GrIS firn layer, such as the spatial variability in vertical density profiles and the horizontal extent of
firn aquifers. Furthermore, the trend in Greenland’s mass, computed in combination with RACMO2.3
snow mass for the unglaciated areas and observationally derived solid ice discharge, shows excellent
agreement with mass evolution inferred from GRACE.
Averaged over the ice sheet and the period 1960–2014, a refreezing fraction (the refrozen mass divided
by the liquid surface input, i.e. melt, rainfall and condensation) of ∼47% is simulated by SNOWPACK.
This fraction exhibits a high spatial variability and is lowest for the northern ice sheet (∼30%) and
highest in the southeast (∼75%), where porous firn depth is large owing to high snowfall rates. In
terms of interannual evolution, components of the liquid water balance (melt, runoff, refreezing, rainfall and evaporation/condensation) are relatively constant during the first half of the simulation period
(1960–1989). In the second half (1990–2014), there is a spatially consistent and significant increase
in melt, which is particularly pronounced for the southwestern ice sheet. The increased melt induces
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enhanced runoff and refreezing, where trends in the former are generally higher due to strong melt increases in the ablation zone. The majority of the additional melt is thus not buffered in the firn layer
but runs off to the ocean, where it contributes to sea level rise. An exception is the southeastern GrIS,
where the ablation zone is very narrow (< 10 km) and ∼70% of the additional liquid input is retained
by refreezing. This region also exhibits the largest area of simulated firn aquifers, which is in agreement with observations derived from the Operation IceBridge accumulation radar. The total modelled
firn aquifer extent, averaged over 2010–2014, is ∼60,000–90,000 km2 , depending on the liquid water
threshold applied for delineation. The averaged stored liquid water mass amounts to ∼76 Gt, which
represents only the irreducible liquid water stored in the firn layer, since the model does not reproduce
saturated conditions in the used setting. Modelled firn aquifer area exhibits a recent inland and upward
migration, which is, at least for southeast Greenland, in line with observations.
In contrast to the excellent agreement of trends in derived cumulative Mass Balance and GRACE data
on an interannual timescale, agreement between detrended time series is less good on a seasonal scale
and characterised by a spatially consistent deviation in the signals during the melt season. Part of this
deviation can be attributed to the neglect of lateral runoff routing and associated transit times of runoff
to reach the ocean. To investigate this, we applied an offline linear-reservoir routing model, forced by
gridded runoff output from SNOWPACK/RACMO2.3. The performance of the routing model is first
evaluated for a relatively small catchment in southwest Greenland from which continuous river discharge measurements are available. For this catchment, simulated discharge is substantially improved
by considering runoff routing, even with the model’s relatively coarse resolution of ∼11 km. Accounting for runoff routing allows to minimise the seasonal lag between modelled and observed mass
variations for the southwestern as well as the eastern large-scale basins. However, a bias in seasonal
timing of tundra snow ablation and runoff becomes apparent for the eastern basins, which likely affects
the obtained lateral flow velocities for the routing model. For the northern and northwestern basins,
only marginal improvements are obtained, which is likely caused by biases in the applied data and/or
by the neglect of additional processes that cause mass variations on a seasonal timescale (like solid ice
discharge).
In short, SNOWPACK has proved to be a valuable tool to study the firn layer of the GrIS in the presentday climate. The model is under constant development and now offers e.g. novel water percolation
schemes (Richards equation and preferential flow), which represent water flow through snow/firn more
realistically than the scheme applied in this study. Future applications of SNOWPACK to the GrIS will
therefore likely reveal new insights in the relevance of liquid water retention in the firn layer.

Greenland (29 June 2015)
Photo: NASA Worldview
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Introduction
In Greenlandic, Greenland’s name, Kalaallit Nunaat (land of the Kalaallit), is derived from the name of
the indigenous people that inhabit the country’s western region. The European name for Greenland dates
back to the early Viking explorers, who probably chose this pleasant term in the hope of attracting more
settlers. Greenlandic climate around this time (∼1000 AD) was, due to a regional positive temperature
anomaly during the Medieval Warm Period, likely comparable to the present-day climate.
In contrast to its European name, most (∼83%) of Greenland’s surface area is presently covered by an
ice sheet and peripheral Glaciers and Ice Caps (GICs). The Greenland Ice Sheet (GrIS) stores a volume
of ∼3.0 · 106 km3 , which would, once completely melted, rise Global Mean Sea Level (GMSL) by
∼7.42 m. Understanding the ice sheet’s behaviour in a warming climate is thus highly relevant for
low-lying countries like the Netherlands, which are immediately threatened by an increase in GMSL.
Since the early to mid-1990s, the Mass Balance (MB) of the GrIS and the GICs has been negative. Partitioning this mass loss into surface meltwater runoff and solid ice discharge through marine-terminating
outlet glaciers indicates that the former process is dominating. Surface melt does not necessarily equal
runoff, as part of the meltwater percolates in the underlying snow/firn, where it can be retained by refreezing or as liquid water. Surface mass loss from the ice sheet can thus be delayed. The main focus
of this study is to improve our understanding of these retention processes and their impact on the mass
balance of the GrIS (and the GICs) in the current climate.
This introductory chapter covers the basic definitions and methods on which this thesis builds. Section
1.1 introduces the role of the GrIS in global mean sea level rise, which is the main motivation for this
study. Section 1.2 gives a brief introduction to the physical geography of Greenland. In Sect. 1.3,
the contemporary climate of Greenland is discussed, which determines firn processes on the ice sheet.
These firn processes are, together with the characteristics of the different surface zones on the ice sheet,
discussed in Sect. 1.4. Section 1.5 gives a brief introduction to methods used to assess the MB of the
GrIS. An outline of the thesis is presented in Sect. 1.6. A list of all abbreviations used in this thesis can
be found in the appendix.
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1.1

1. Introduction

Motivation

Global Mean Seal Level (GMSL) is rising since the 1880s, as shown by sea level measurements using
coastal tide gauges, supplemented with satellite altimetry data for the more recent decades [Church
and White, 2011]. Changes in GMSL can be attributed to multiple factors, as illustrated for the period 1961–2008 in Fig. 1.1. During the last half century, GMSL rise has been dominated by thermal
expansion of ocean water and by melting of glaciers and ice caps. The cumulative contributions from
the Greenland Ice Sheet (GrIS) and the Antarctic Ice Sheet (AIS) were relatively modest but contribution rates, which equal the slopes of the lines shown in Fig. 1.1a, increased over time, particularly for
the GrIS. Estimates of individual contributions to GMSL rise for the early 21st century (∼2002–2015)
reveal that the GrIS is now the greatest single contributor to increasing ocean mass [Rietbroek et al.,
2016; Dieng et al., 2017].
(a)

(b)

Figure 1.1: Past (1961–2008) global mean sea level rise with estimates of individual contributions
[Church et al., 2011]. Observational data from coastal and island tide gauges (solid black line, grey
shading indicates the estimated uncertainty) and from TOPEX/Poseidon/Jason-1&2 satellite altimeter
data (dashed black line) is shown in both panels. Individual contributions are shown in (a) and the sum
of these contributions (with the derived uncertainty as shading) is shown in (b). The sum of contributions is vertically shifted to yield the same average over 1972 to 2008 as the observed time series.

Projections of GMSL evolution for the end of the 21st century and for different emission scenarios are
shown in Fig. 1.2. Independent of the emission scenario, thermal expansion of ocean water represents
the largest contribution, followed by glaciers and ice caps and the GrIS. The real future contribution of
the GrIS to GMSL rise is likely higher, as shown in a more recent study by Mengel et al. [2016], and
could well exceed the contributions from glaciers and ice caps. Compared to the sea level equivalent
stored in the GrIS and the AIS (∼7.42 and ∼58.3 m, respectively), the volume of glaciers and ice caps

The sum of the projected contributions gives the likely range for future and subsequently declines slightly. The rate of rise becomes roughly
GMSL rise. The median projections for GMSL in all scenarios lie within a constant in RCP4.5 and RCP6.0 by the end of the century, whereas
range of 0.05 m until the middle of the century (Figure 13.11), because acceleration continues throughout the century in RCP8.5, reaching 11
the divergence of the climate projections has a delayed effect owing to [8 to 16] mm yr–1 in 2081–2100.
the time-integrating characteristic of sea level. By the late 21st century
Motivation
3 account(over an 1.1.
interval
of 95 years, between the 20-year mean of 2081–2100 In all scenarios, thermal expansion is the largest contribution,
and the 20-year mean of 1986–2005), they have a spread of about ing for about 30 to 55% of the projections. Glaciers are the next largest,
0.25 m, with RCP2.6 giving the least amount of rise (0.40 [0.26 to accounting for 15-35% of the projections. By 2100, 15 to 55% of the
0.55] m) is
(likely
range) and
RCP8.5
givingm)
the[Vaughan
most (0.63 [0.45
0.82] Morlighem
present volume
of glaciers
Antarctica issmall
projected
relatively
small
(∼0.41
et al.,to2013;
et al.,
2017].outside
This relatively
ice to be elimm). RCP4.5
and RCP6.0
verythe
similar
at theand
endice
of the
century
(0.47 inated
under RCP2.6,
to 85% under
(Table 13.SM.2).
volume
will are
limit
glacier
cap’s
contribution
to future
GMSLand
rise35[Marzeion
et RCP8.5
al., 2014],
[0.32 to 0.63] m and 0.48 [0.33 to 0.63]] m respectively), but RCP4.5 SMB change on the Greenland ice sheet makes a positive contribuparticularly for longer-term projections. The contributions from the polar ice sheets to GMSL rise
has a greater rate of rise earlier in the century than RCP6.0 (Figure tion, whereas SMB change in Antarctica gives a negative contribution
reveal
consistent
1.2):
AIS contribution
has largerdue to rapid
13.10 and
Table a13.5).
At 2100,pattern
the likelyacross
rangesthe
are five
0.44 emission
[0.28–0.61]scenarios
(Sections(Fig.
13.4.3.1
andthe
13.4.4.1).
The positive contribution
uncertainties
and mthe
GrIS contribution
higher
mediandynamical
values. The
higher
for ice
theoutflow
AIS are
m (RCP2.6),
0.53 [0.36–0.71]
(RCP4.5),
0.55 [0.38–0.73]
m (RCP6.0),
changes
thatuncertainties
result in increased
from both ice
and 0.74caused
[0.52–0.98]
m (RCP8.5).
sheets to
together
has a In
likely
of 0.03
to 0.20 m
RCP8.5 and 0.03
by the
different partitioning of mass loss compared
the GrIS.
therange
current
climate,
thein AIS
to 0.19
m associated
in the other RCPs.
There issolid
a relatively
small positive contriloses mass almost exclusively through enhanced ice flow
and
increased
ice discharge
In all scenarios, the rate of rise at the start of the RCP projections bution from human intervention in land water storage, predominantly
over the grounding line. Runoff from surface melt is negligible [Van Wessem et al., 2017] due to firn
(2007–2013) is about 3.7 mm yr–1, slightly above the observational due to increasing extraction of groundwater.
thatyr–1are
below
the melting point so that nearly all percolating meltwater
range of temperatures
3.2 [2.8 to 3.6] mm
for typically
1993–2010,well
because
the modelled
refreezes,
although
locally consistent
significant
runoff
has been observed [Lenaerts et al., 2016; Kingslake et al.,
contributions
for recent
years, although
with
observations
for 1993–2010
are all inThe
the upper
of the
observa2017;(Section
Bell et13.3),
al., 2017].
AIS part
is thus
highly
sensitive to future changes in ice dynamics and how

1

these are influenced by the ocean and the atmosphere [DeConto and Pollard, 2016].
1.2

Sum
2081-2100 relative to 1986-2005
Thermal expansion
Glaciers
Greenland ice sheet (including dynamics)
Antarctic ice sheet (including dynamics)
Land water storage
Greenland ice-sheet rapid dynamics
Antarctic ice-sheet rapid dynamics

Global mean sea level rise (m)

1.0
0.8
0.6
0.4
0.2
0.0
A1B

13

RCP2.6

RCP4.5

RCP6.0

RCP8.5

st and
Figure 13.10
| Projections
process-basedglobal
models with
likely ranges
and median
global
its contributions
in 2081–2100 of
relative to 1986–
Figure
1.2:fromProjected
mean
sea level
risevalues
for for
the
endmean
of sea
thelevel21rise
century
with estimates
2005 for the four RCP scenarios and scenario SRES A1B used in the AR4. The contributions from ice sheets include the contributions from ice-sheet rapid dynamical change, which
individual
contributions
[Church
et
al.,
2013].
Projections
with
likely
ranges
and
median
values
for
are also shown separately. The contributions from ice-sheet rapid dynamical change and anthropogenic land water storage are treated as having uniform probability distributions,
global ofmean
level
itschange
contributors
are shown
theunder
four
RCPThisscenarios
and
scenario
and as independent
scenariosea
(except
that arise
higherand
rate of
is used for Greenland
ice-sheetfor
outflow
RCP8.5).
treatment does
not imply
that the contributions
concerned SRES
will not depend
the scenario
followed,
onlycontributions
that the current state
of knowledge
does not
permit
of the dependence.
See discussion in SecA1B onused
in AR4.
The
from
the GrIS
and
AISa quantitative
include assessment
mass changes
from rapid
tions 13.5.1 and 13.5.3 and Supplementary Material for methods. Only the collapse of the marine-based sectors of the Antarctic ice sheet, if initiated, could cause global mean sea
dynamical changes, which are provided separately. The contributions from ice-sheet rapid dynamical
level (GMSL) to rise substantially above the likely range during the 21st century. This potential additional contribution cannot be precisely quantified but there is medium confidence
change
and
anthropogenic
water
that it would
not exceed
several
tenths of a meter ofland
sea level
rise. storage are treated as having uniform probability distributions,

and as independent of scenario (except that a higher rate of change is used for GrIS outflow under
RCP8.5).
1180

In contrast, the GrIS experiences a relatively mild climate, which on average exposes more than 50%
of the ice sheet’s surface to melt each summer [Hall et al., 2013]. The partitioning of GrIS mass loss
was approximately in balance between increased ice discharge and surface runoff until ∼2005, but has
been dominated by surface runoff afterwards [Enderlin et al., 2014; Van den Broeke et al., 2016]. The
high sensitivity of GrIS’s Surface Mass Balance (SMB) to increasing atmospheric temperature is the
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cause for the higher median contributions to projected future GMSL rise shown in Fig. 1.2. However,
liquid water production (melt) and input (rainfall and condensation) at the ice sheet’s surface do not
equal runoff to the ocean, as water is retained in various compartments of the ice sheet (Nienow et al.
[2017], see Sect. 1.4). A major buffer for liquid water is the porous firn layer, where water can refreeze
[Harper et al., 2012] or remain in pores either as residual water, hold by capillary forces [Coléou and
Lesaffre, 1998], or in saturated conditions in so-called firn aquifers [Forster et al., 2014]. Constraining
the current and future (intermediate) storage potential of these reservoirs is crucial for our understanding
of the present-day and future contribution of the GrIS to GMSL rise.

1.2

Physical geography of Greenland

Greenland, the world’s largest island, stretches over 2600 km from south to north, between ∼60◦ and
∼84◦ N, and approximately 1000 km from east to west, between ∼11◦ and ∼73◦ W (Fig. 1.3). Its
surface area encompasses ∼2.1 · 106 km2 , with ∼4% of this area covered by peripheral glaciers and ice
caps (GICs) and ∼79% by the contiguous Greenland ice sheet (GrIS). With a volume of 7.42 m sea level
equivalent [Morlighem et al., 2017] and a maximum thickness of more than 3 km, the GrIS represents
the largest freshwater reservoir in the northern hemisphere. The ice sheet reaches a maximum elevation
of 3238 m a.s.l. (Summit) with a secondary dome in the south. The highest peak in Greenland is found
in the Watkins mountain range, where a nunatak, a rocky peak protruding through glacial ice, reaches
an altitude of 3694 m a.s.l.
Around ∼17% of Greenland’s surface is not glaciated. This tundra area, which is located between the
ocean and the ice sheet, can reach widths of up to ∼200 km. In the north, deeper soil is continuously
frozen (permafrost) with a seasonally active near-surface layer. In the south, permafrost is discontinuous
[Brown et al., 1997]. The tundra is mostly hilly or mountainous with a high abundance of surface lakes
and ponds, particularly in the southwest. In the southeast, the non-glaciated area often constitutes
steeper, mountainous terrain, which is frequently intersected by fjords. Floating ice, attached to outlet
glaciers from the GrIS, covers a relatively small area (∼4000 km2 , dark blue areas in Fig. 1.3), in
contrast to the extensive ice shelves connected to the AIS [Fretwell et al., 2013].
Figure 1.4 shows that the areas covered by the GrIS, the GICs and the tundra have distinctively different
hypsometries. The GrIS’s hypsometry has a typical parabolic profile, with ∼80% of the area located
above 1500 m a.s.l. This distribution varies on a regional scale, as e.g. the southeastern slope of the ice
sheet is typically steeper than the southwestern one (Fig. 1.3). The GICs are distinctively lower, which
makes them more vulnerable to increasing temperatures [Noël et al., 2017]. Most of the non-glaciated
area (tundra) is situated below 1000 m a.s.l. with only a small fraction, consisting of mountain peaks
and nunataks, reaching elevations above 2000 m a.s.l.
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Figure 1.3: Map of Greenland with surface type, elevation and relevant locations. Surface type and
elevation are resampled to a 1 km resolution from BedMachine V3 data [Morlighem et al., 2017].
Dark blue areas represent floating ice. The highest peaks of the ice sheet (Summit) and the bedrock
(Gunnbjørn Fjeld) are indicated by triangles (4) and the location and value of maximum ice thickness
by a plus (+).
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Figure 1.4: Hypsometries of Greenland’s tundra, the GrIS and Greenland’s peripheral GICs according to BedMachine V3 data [Morlighem et al., 2017].

1.3
1.3.1

The climate of Greenland
Near-surface climate

Greenland’s climate is strongly controlled by the ice sheet, which determines climate-relevant surface
properties such as its high reflectance, limiting the absorption of shortwave (solar) radiation, and the
elevated topography, limiting the incoming longwave (terrestrial) radiation. The interaction of the ice
sheet with the Atmospheric Boundary Layer (ABL), via the Surface Energy Balance and the SMB, is
sketched in Fig. 1.5.
Due to the high reflectance of the ice sheet, which typically induces a yearly averaged small or even
negative surface net radiation budget, near-surface temperature can become very low in the interior. The
cooling increases near-surface air density and an associated down-slope flow of air develops under the
influence of gravity, the so-called katabatic wind. This process determines, together with the large-scale
pressure distribution, the prevailing wind system on the ice sheet, particularly in winter when katabatic
winds may become very strong and persistent [Van Angelen et al., 2011].
The further discussion of Greenland’s contemporary climate is based on output from the Regional Atmospheric Climate Model (RACMO) version 2.3. Noël et al. [2015] demonstrated the model’s capability of realistically simulating the present-day (near-surface) climate of the GrIS. The yearly averaged
2-m air temperature over Greenland largely reflects gradients in elevation and latitude (Fausto et al.
[2009]; Fig. 1.6a). Melting of snow, firn and ice, which commences as soon as the surface temperature reaches the melting point, is directly influenced by air temperature via the sensible heat flux and
the incoming longwave radiation. Another important factor for melt is the shortwave surface radiation
budget, which is typically more positive in the ablation zone due to a lower surface albedo caused by
melting snow or the exposure of bare ice. Annually summed surface melt is thus largest close to the
margins of the ice sheet (Fig. 1.6b), also because the melt season is longest there.
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Precipitation in the form of snowfall is the dominant process for mass accumulation on the ice sheet.
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Figure 1.6: Average (1960–2014) RACMO2.3 2-m air temperature (a), surface melt (b), snowfall (c)
and SMB (d). The solid black line in (d) marks the position of the equilibrium line.
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of Greenland (Fig. 1.6d) shows the widest ablation zones along the western and northern margins of
the ice sheet. In the southeast, the ablation zone is often too narrow to be resolved by the ∼11 km
horizontal resolution of RACMO2.3. The accumulation zone covers most (∼90%) of the ice sheet, but
SMB-values are only slightly positive for a large fraction of this area.
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When averaged over the GrIS, simulated 2-m air temperature, does not exhibit a clear trend between
1960 and 1990 (Fig. 1.7). From 1990 onwards, there is a significant modelled increase of ∼0.64◦ C per
decade, averaged over the ice sheet. This trend is within the range (∼0.51–1.34◦ C per decade) of trends
estimated for Greenland from another Regional Climate Model (RCM), reanalysis data and spatially
interpolated Automatic Weather Station data [Reeves Eyre and Zeng, 2017]. This warming trend is
reflected in modelled melt, which increases by ∼64% (from ∼418 to ∼686 Gt a-1 ) over 1990–2014
(Fig. 1.7). An analysis of the melt extent reveals that this increase is not only caused by enhanced
melting in the ablation zone, but also by an upward expansion of the melt area. The exposure of porous
and formerly dry snow/firn to melt, which will likely continue in the future, emphasizes the importance
of the refreezing process, which acts as a (temporary) buffer for melt water [Harper et al., 2012]. The
maximum melt extent highlights how exceptional the summer of 2012 was, when almost the entire
surface area of the ice sheet experienced melt [Nghiem et al., 2012].
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Figure 1.7: RACMO2.3 time series of annual mean 2-m air temperature, melt and melt extent for the
GrIS. Significant linear trends for 1990–2014 are indicated by dashed lines. The cumulative melt extent
is defined as the annual sum of daily melt extents. The maximum relative melt extent is computed by
selecting the day with the highest melt extent for each year and dividing it by the area of the GrIS. Daily
melt extents are delineated with a threshold of 8.25 mm w.e. day-1 [Fettweis et al., 2011].

1.3.2

Feedbacks

The mass balance of the GrIS is linked to several positive and negative feedback processes, which act
on various spatial and temporal scales. The polar amplification [Bekryaev et al., 2010] is a rather largescale feedback, which causes a stronger warming in high-latitude regions compared to the global mean.
A major contribution to this process is the ice-albedo feedback, where increased temperatures lead to a
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reduction of sea ice extent and seasonal snow cover, which reduces surface albedo and amplifies temperature increase. Analogous feedback processes are present on the GrIS: surface albedo may decrease
due to an expansion of the bare ice and melt area [Tedesco et al., 2016], an increased abundance of
supraglacial lakes and the accumulation of light absorbing impurities during melt events. A feedback
that could (partially) offset the ice sheet’s enhanced mass loss is the potential increase in snowfall in a
warmer climate due to the higher moisture holding capacity of air. Studies based on RCM projections
for the 21th century indicate however only modest increases in Greenland snowfall in comparison to
melt [Fettweis et al., 2013; Van Angelen et al., 2013].
Another feedback is acting via the freshwater input from Greenland to the surrounding oceans. Enhanced freshwater input, caused by an increase in surface melt and/or ice discharge, decreases the density of near-surface ocean water and thus suppresses deep-water formation. This regional process can
potentially attenuate the strength of the Atlantic Meridional Overturning Circulation [Rahmstorf et al.,
2015; Boning et al., 2016; Bakker et al., 2016], which would subsequently lead to reduced warming in
the North Atlantic, in Europe and in North America.
Feedbacks related to the topography of the ice sheet also act on rather long timescales (i.e. longer
than a typical RCM run of ∼50–100 years), but they are generally more localised. A positive feedback
is the melt-elevation feedback, where a lowering of the ice sheet leads to an increased near surface
air temperature and further enhanced melting [Levermann and Winkelmann, 2016]. A decrease in
the ice sheet’s elevation also impacts the atmospheric circulation over the GrIS. A study by Hakuba
et al. [2012] with a General Circulation Model (GCM) shows that this results in an overall increase in
annual snowfall, which represents a negative feedback. This process is however likely overwhelmed by
the melt-elevation feedback [Hakuba et al., 2012]. Particularly the melt-elevation feedback induces a
hysteretic behaviour of the GrIS [Levermann and Winkelmann, 2016]. If climate warming continues,
the ice sheet could thus reach a critical point after which it disintegrates entirely, even if atmospheric
composition and global climate were to return to pre-industrial conditions. The ice sheet’s contribution
to global mean sea level rise would hence be irreversible for this scenario.
The meltwater buffering capacity of the firn layer through retention determines for an important part
how fast the ice sheet responds to enhanced warming. This is discussed in the next section.

1.4
1.4.1

The ice sheet’s near-surface hydrology
The firn layer

About 90% of the GrIS’s surface is covered by a porous layer of compressed snow that is older than one
year, called firn. This layer is relatively shallow (up to ∼100 m) and represents the vertical transition
from the (winter) snow layer to the underlying glacier ice. A clear definition to distinguish snow from
firn is lacking, which is likely due to the continuous nature of the transition [Cuffey and Paterson,
2010]. For polar ice sheets, the word firn is often used to separate the porous layer from the glacier ice
beneath and thus incorporates a near-surface layer that might also be characterised as seasonal snow.
The transition between firn and glacier ice is also not accurately defined but is often assumed to occur
at a density of ∼830 kg m-3 . At this so-called pore close-off density, the interconnected passageways
between the grains are sealed off and remaining air or water is trapped in the pores. The level of this
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transition is a crucial quantity for chemical analysis of air bubbles in ice cores, as it marks the depth
at which air is disconnected from the free atmosphere. The density of glacier ice is in the range of
830–923 kg m-3 , depending on the pore space and the confining pressure [Cuffey and Paterson, 2010].
The firn layer’s Liquid Water Balance (LWB), which is a focus of this study, is defined as:
dMret
= RA − EV + ME − RF − RU,
dt

(1.2)

where Mret is the retained liquid mass, RA, EV and ME are surface mass fluxes of rainfall, evaporation
and meltwater respectively, RF is internal refreezing and RU is runoff at the firn-ice transition. For the
bare ice zone, the storage term Mret and refreezing RF are typically negligible in Eq. (1.2).

1.4.2

Ice sheet zones

An ice sheet (or ice cap/glacier) can be divided into different zones according to the SMB and/or snow
facies. These zones are briefly described below and illustrated in Fig. 1.8:
Dry-snow zone
The dry-snow zone represents the upper part of the ice sheet’s accumulation zone and is confined by
the dry-snow line at its lower boundary. Surface melting does not occur in this zone. Firn density is
primarily influenced by dry snow compaction, the rate of which decreases for lower temperatures due
to increased snow viscosity. The firn layer thickness is therefore, besides areas with high snowfall rates,
largest (> 100 m) in the interior of the GrIS, where surface temperatures are lowest. The firn air content,
which equals the vertically integrated pore space, is high (∼20 m) in comparison to the other zones and
represents a substantial buffer for liquid water [Harper et al., 2012] in case of an upward migration of
the percolation zone. Due to the absence of latent heat release by refreezing of meltwater, the 10-m firn
temperature is generally in close agreement with the climatological surface temperature [Polashenski
et al., 2014].
Percolation zone
The percolation zone is characterised by the occurrence of melt and subsequent water percolation. Vertical water percolation occurs as a homogeneous wetting front [Colbeck, 1972] and/or through preferential flow (’piping’) [Humphrey et al., 2012], where water (and latent energy) is efficiently transported
to greater depths. Refreezing of liquid water in the firn may lead to the formation of (near-surface) ice
lenses and/or impermeable ice layers, which render deeper porous and cold firn difficult to access for
subsequent percolating water [Machguth et al., 2016]. Such layers may thus divert percolating water
laterally and induce runoff before the full buffer potential of the firn layer, in the form of pore space
and cold content, is used [Harper et al., 2012]. These features are e.g. abundant in the southwestern
percolation zone of the GrIS [Machguth et al., 2016]. Due to latent heat release by refreezing of liquid
water, the 10-m firn temperature in the percolation zone can be substantially higher (> 10◦ C) than the
climatological surface temperature [Humphrey et al., 2012]. On a seasonal scale, refreezing rates are
typically highest in summer, when the melt area extends furthest into the cold interior.
Wet-snow zone
The wet-snow zone experiences enough seasonal melt (and/or rainfall) and subsequent latent heat release by refreezing to raise the temperature of the entire firn column to the melting point. Under
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Figure 1.8: Schematic overview of an ice sheet with zones according to the Surface Mass Balance and
different snow facies. The most relevant processes and features related to the Liquid Water Balance are
shown for the supra-, en- and subglacial parts of the ice sheet.

specific climatic conditions, i.e. high annual accumulation rates and moderate to strong surface melt
[Kuipers Munneke et al., 2014], perennial firn aquifers can form in this zone [Forster et al., 2014; Miège
et al., 2016]. These aquifers consist of liquid water bodies in (partially) saturated firn, which are insulated from the cold winter atmosphere by high snowfall rates, creating a near-surface snow layer with a
relatively low density and hence a low thermal conductivity. At the base of firn aquifers, liquid water
refreezes if the temperature of the glacier ice beneath is below the melting point. If saturated conditions
prevail, liquid water is able to slowly migrate laterally along a hydraulic gradient [Miller et al., 2018].
Some firn aquifers likely drain into crevasses, where the water either refreezes or enters the subglacial
drainage system [Poinar et al., 2017]. Firn aquifers are particularly abundant along the southeastern
margin of the GrIS [Miège et al., 2016], where snowfall rates are highest and significant summer melt
occurs (Sect. 1.3.1 and Fig. 1.6). Refreezing in this zone happens not only by percolation of liquid
water in cold snow, but also by refreezing of irreducible water in temperate firn. This process is partic-
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ularly important in autumn, when the near-surface snow/firn gradually cools due to decreasing surface
temperatures.
Superimposed ice zone
The superimposed ice zone is separated from the wet-snow zone by the snow line. Compared to higher
elevated areas with a perennial firn layer, a snow cover is only seasonally present in this zone and the
adjacent ablation area. Surface melt and subsequent refreezing is sufficiently large to fill all pore space
of the seasonally deposited snow pack, which leads to the formation of superimposed ice.
Ablation zone
The ablation zone is characterised by a negative SMB and by the exposure of bare ice at the surface
during most of the melt season. Undulations in the surface allow the formation of supraglacial lakes
[Arnold et al., 2014], where melt water is retained on intra- or interannual timescales [Koenig et al.,
2015]. The water volume stored in these lakes is typically small compared to the volume evacuated
by the efficient surface drainage network [Smith et al., 2015; Koenig et al., 2015]. Nearly all surface
runoff drains into moulins at some point, and thus enters the en- and subglacial drainage system, where
the water can be retained. The magnitude of the retained mass is rather uncertain, and recent studies attribute a different relevance to this process [Rennermalm et al., 2013b; Van As et al., 2017]. Refreezing
in the ablation zone typically peaks at the beginning of the melt season, when cold and porous snow that
accumulated during the previous winter is still present. The retention effect is only temporary due to
the negative annual SMB. Still, refreezing delays the exposure of bare ice in the ablation zone [Reijmer
et al., 2012] and hence reduces melt by maintaining a higher surface albedo.
Spatially integrating the SMB of the GrIS over all the above-mentioned zones yields the total surface
mass balance. The evolution of this quantity, in combination with solid ice discharge through marineterminating outlet glaciers, determines the Mass Balance (MB) of the GrIS. Methods to assess the MB
and its recent temporal evolution are discussed in the following section.

1.5
1.5.1

The mass balance of the Greenland Ice Sheet
Methods to estimate the mass balance

The MB of the GrIS can be estimated by three more or less independent methods, which all have their
specific advantages and disadvantages:
Mass budget method (MBM)
In the mass budget method, sometimes referred to as the Input Output Method, the different mass
sources (mainly snowfall) and mass sinks (mainly meltwater runoff and solid ice discharge) are estimated individually. Assuming the grounding line to remain unchanged, the MB for all ice, firn and
snow in Greenland is computed as:
MB = SMBGrIS + SMBGICs − D +

dMts
,
dt

(1.3)

where SMBGrIS and SMBGICs are the horizontally integrated SMB fields of the GrIS and the GICs, D
is ice discharge from marine-terminating glaciers across the grounding line (main ice sheet only) and
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Mts is the tundra snow mass. Considering the last term in Eq. (1.3) is only necessary if intra-annual
variations in the MB are studied, as it reduces to zero when integrated over a year. Melt fluxes at the
base of the ice sheet are in the order of several mm per year, and are typically neglected. The SMB for
the glaciated area and the tundra snow mass are usually taken from RCM output. Solid ice discharge for
the individual outlet glaciers is computed by combining observed surface velocities and ice thicknesses
at predefined flux gates [Enderlin et al., 2014]. In case of a non-negligible distance between the flux
gate and the grounding line, it is necessary to correct for mass loss/gain via the SMB between these
two lines. Because this method resolves individual components of the MB, it allows, in contrast to the
other methods, to attribute mass changes to physical processes. However, because the mass change
represents the relatively small difference between three large sources and sinks (snowfall, runoff and
solid ice discharge), the method is very sensitive to uncertainties in any of these terms [Van den Broeke
et al., 2016].
Gravimetry
In this method, mass changes are inferred from variations in the earth’s gravity field, which is measured
by satellites from the Gravity Recovery and Climate Experiment (GRACE). To isolate mass changes
from the cryosphere (land ice and snow), various corrections are required to exclude mass variations
from the solid earth (e.g. glacial isostatic adjustment), the soil, the surrounding oceans and the atmosphere. The main advantages of this method are that it provides a relatively direct measure of mass
variation and that it is almost independent from other methods determining mass change. Major drawbacks are the complicated procedure to retrieve the actual signal, potential errors in spatial mass change
attribution (signal leakage), the large footprint (∼200 km) and the relative brevity of the available time
series (since late 2002). Due to the coarse spatial resolution, only combined mass changes for the GrIS,
the GICs and tundra snow can be inferred with this method.
Radar/laser altimetry
In this method, mass changes are inferred from observed changes in the volume of the ice sheet [Csatho
et al., 2014; McMillan et al., 2016]. Volumetric changes are measured by satellites, airplanes or unmanned aerial vehicles, which repeatedly map the surface elevation of the ice sheet with radar or laser
instruments. The subsequent conversion to mass changes requires a model that accounts for vertical
bedrock motion and variability in the firn layer density and depth [Kuipers Munneke et al., 2015]. This
approach offers, in comparison to the gravimetry method (GRACE), a higher spatial resolution and
longer time series that start in the mid-1990s. Uncertainties arise from limitations in the applied instruments and from the applied density model. This method is often not independent from the MBM
approach due to the required firn density model, which is typically forced by output from a RCM.
Reconciled estimates from the three methods of recent GrIS and AIS mass loss can be found in Shepherd et al. [2012]. Both the mass budget and the gravimetry method are used in this study to assess
Greenland’s mass changes on interannual and seasonal time scales.

1.5.2

Recent changes

Between ∼1960 and the early to mid-1990s, the MB of the GrIS and the GICs was likely in approximate
balance, i.e. the SMB and the ice discharge were of similar magnitude. Since then, the SMB decreased
while the ice discharge increased, which led to a quasi-persistent negative MB [Van den Broeke et al.,
2016]. Mass loss estimates of the GrIS (in combination with the GICs) between late 2002 and 2014 are
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shown in Fig. 1.9. The different methods reveal similar linear trends for the respective periods and the
MBM and gravimetry method show a good agreement in seasonal mass variation.
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Figure 1.9: Mass balance evolution for Greenland between mid-2002 and 2014 according to different
methods. The mass budget is computed with SMB from RACMO2.3 [Noël et al., 2015] and ice discharge
data from Enderlin et al. [2014]. The gravimetry data is based on a GRACE solution [Groh and
Horwath, 2016] and the laser/radar altimetry data is from ICESat [Sasgen et al., 2012] and CryoSat-2
[McMillan et al., 2016]. Note that estimates based on laser and radar altimetry do not include mass
changes from peripheral glaciers and ice caps and the unglaciated area.

1.6

Thesis outline

This thesis aims to improve our understanding of the GrIS’s (and the GICs’) LWB in the present climate
(1960–2014). The focus is on liquid water retention, which has a considerable potential to attenuate
runoff from the GrIS and the GICs and thus temporarily reduce their contribution to GMSL rise. To
achieve this, two snow/firn models are applied to the glaciated area of Greenland, which simulate the
spatiotemporal patterns of the LWB components and the general firn structure. Both snow/firn models
are forced with output from a RCM (RACMO2.3) at the snow-atmosphere interface. The two applied
snow/firn models are described in Chapter 2, with a detailed discussion of differences between them.
RACMO2.3, which provides the forcing data, is also briefly introduced. Chapter 3 provides a comparison of the two snow/firn models, where both models were applied to the glaciated area of Greenland
for the period 1960–2014. We compare modelled firn density, refreezing and horizontal firn aquifer
extent and evaluate the models with different independent in situ and remote sensing observations. In
Chapter 4, the spatiotemporal patterns of refreezing and runoff on the GrIS, simulated by one of the
snow/firn models (SNOWPACK; Bartelt and Lehning [2002]; Lehning et al. [2002b,a]), are analysed
in more detail. Additionally, the model’s output is further evaluated with firn temperature records and
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satellite gravimetry data (GRACE). In Chapter 5, an offline routing scheme is applied to runoff from
SNOWPACK/RACMO2.3 to investigate the temporal lag between simulated SMB and GRACE during
the melt season. Moreover, the spatial distribution of freshwater fluxes from Greenland to the surrounding oceans is analysed. Finally, Chapter 6 provides an outlook of remaining challenges and potential
research avenues, as e.g. considering preferential flow and refining the fresh snow density parameterisation.

1.6. Thesis outline
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GrIS margin near Kangerlussuaq
Photo: Christian R. Steger

2
Models
Introduction
In this thesis, we use two different models to simulate the state and evolution of snow/firn on the
Greenland Ice Sheet and Greenland’s peripheral Glaciers and Ice Caps: the Institute for Marine and
Atmospheric Research Utrecht Firn Densification Model (IMAU-FDM) and SNOWPACK, developed
at WSL Institute for Snow and Avalanche Research SLF. The IMAU-FDM was specifically developed
to simulate firn on polar ice sheets and for interactive coupling to a Regional Climate Model (RCM).
SNOWPACK was originally designed as a stand-alone model to simulate seasonal snow cover, snow
hydrology and avalanche formation in alpine terrain but was later also successfully applied to polar
regions. The models share a similar architecture, e.g. in terms of the vertical grid implementation,
but they differ in the level of complexity. In SNOWPACK, processes related to snow physics are typically explicitly represented in the model whereas the IMAU-FDM rather relies on (semi-)empirical
parameterisations. In this work, both models are forced by the Regional Atmospheric Climate Model
(RACMO) version 2.3 at the snow-atmosphere-interface. This RCM simulates a realistic near-surface
climate for the glaciated area of Greenland, its tundra and immediate surroundings (e.g. the Canadian
Arctic, Iceland and Svalbard). Section 2.1 provides a description of the mutual properties of the two
snow/firn models and an overview of model forcing, initialisation and spin-up. In the following sections, individual characteristics of the models and differences in the forcing and spin-up are discussed.
RACMO2.3 is subsequently presented in Sect. 2.2 with a focus on features related to snow and firn.

2.1

Snow/firn models

The following sections provide details about the layout and application of the Institute for Marine and
Atmospheric Research Utrecht Firn Densification Model (IMAU-FDM) and SNOWPACK. Commonalities between the models are discussed in the first part and differences in Sect. 2.1.1 and Sect. 2.1.2.
Snow/firn models typically resolve only the vertical coordinate and are thus one-dimensional. For horizontally distributed simulations, the model is autonomously applied to every grid cell, which implies the
neglect of potential lateral mass and/or energy exchanges. This approach is reasonable as long as horizontal gradients, and associated fluxes in mass and energy, are substantially smaller than in the vertical
direction. Such conditions usually prevail in snow and firn, where processes are primarily governed
by gravitational forcing. Snow/firn models are often formulated in a Lagrangian framework, where the
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coordinate system moves with the ice matrix. This framework has several advantages over a Eulerian
coordinate system, in which constituents move relative to a stationary computational grid [Bartelt and
Lehning, 2002]. Some of the most relevant advantages are the preservation of discontinuities in layers
(e.g. ice layers with considerably higher densities) and the implicit treatment of downward heat advection. The vertical grid spacing of the models is non-uniform and layer merging and splitting routines
allow for e.g. a finer resolution near the surface where gradients in physical quantities are typically
larger.
For dry snow/firn, i.e. in the absence of meltwater and/or rain entering at the surface, the only two
relevant processes that have to be considered in the model are: changes in density (ρ), which are
predominantly caused by snow/firn compaction from overburden pressure, and changes in temperature
(T ) due to heat conduction and advection. In the upper part of the snow/firn column (ρ ≤ 550 kg m-3 ),
densification is controlled by snow grain settling and packing [Herron and Langway, 1980]. In the lower
part, densification is slower and mainly caused by sublimation, diffusion and deformation and finally
(ρ ≥ 830 kg m-3 ) by compression of closed off air bubbles until the density of ice (ρ ∼ 917 kg m-3 )
is reached. For locations where the temperature rises to the melting point, additional processes like
melting, water percolation, liquid water retention and refreezing have to be considered (Fig. 2.1). These
processes represent a comparably quick (vertical) redistribution of energy and mass within a snow/firn

ME

SD

SU

SN

Surface
time
Densification

Firn

Percolation

Retention
Air
Snow
Refreezing

Ice

Water
Ice

Figure 2.1: Schematic representation of a snow/firn model. The Surface Mass Balance components
at the surface are: melt (ME), snow drift deposition and erosion (SD), sublimation/deposition (and
evaporation/condensation) (SU), and snowfall (SN). Arrows indicate the influence of these mass fluxes
on surface elevation. The four enlarged circles illustrate the processes that are calculated by the models.
From Ligtenberg [2014] (modified).
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column and thus often require a smaller model time step. Melting occurs in layers where the melting
point temperature is reached whereas refreezing takes places in layers with available pore space and
cold content (subfreezing temperature). In our model settings, vertical percolation of water is simulated
with the bucket scheme: meltwater is allowed to pass all layers within a single time step (infinite flow
velocity) and it is retained in the individual layers according to their irreducible water content and/or
refreezing capacity. The irreducible water content accounts for the snow/firn’s ability to hold a certain
amount of liquid water by capillary forces against gravity, and depends on the available amount of pore
space [Coléou and Lesaffre, 1998]. Slush formation and fully saturated conditions are not allowed in
the model or chosen model setting, i.e. the reduced permeability of (semi-)impermeable features (e.g.
ice layers) is neglected. Excess water from the lowest model layer is assumed to run off. Surface runoff
and runoff from intermediate depths are thus not reproduced by the models.
To run the one-dimensional column models, it is necessary to prescribe upper and lower boundary
conditions. At the upper boundary, the models are forced by 3-hourly RACMO2.3 skin temperature,
snowfall, rainfall, sublimation/evaporation, snow drift and melt [Noël et al., 2015]. Using 3-hourly data
allows capturing the diurnal temperature evolution, which is an important factor for the melt-freeze
cycle. The skin temperature is used to impose a Dirichlet boundary condition and the remaining inputs
prescribe the mass flux at the surface. Subsurface melt due to absorption of shortwave radiation is not
allowed, consistent with the host model RACMO2.3, which implies that melt is exclusively applied
to the uppermost layer. All input variables are linearly interpolated to the model time steps. Another
required information at the upper boundary is fresh snow density. We apply the parameterisation by
Kuipers Munneke et al. [2015] for all model simulations:
ρ0 = 481.0 + 4.834 (Ts − 273.15) ,

(2.1)

where ρ0 is fresh snow density [kg m-3 ] and Ts is the mean annual surface temperature [K]. At the base
of the modelled domain, a Neumann boundary condition is applied with an assumed heat flux of zero
(∂ T /∂ z = 0).
Firn simulations require initial density and temperature profiles, which are in approximate equilibrium
with the initial surface climate, to avoid shocks and subsequent temporal drifts during the transient
simulation. This equilibrated profile is derived during the spin-up of the model. In absence of data for
the previous climate, the spin-up is typically performed by looping the model over the first (couple of)
year(s) of the actual simulation period. The number of loop-iterations required to obtain equilibrium
can be determined in different ways: if the densification scheme allows the derivation of a steady-state
density profile, it is possible to estimate the spin-up length via the required mass input at the surface
to refresh the entire firn layer. If the model keeps track of the layer’s age, the complete refreshment
of the firn layer can also be checked for a densification scheme without a steady-state expression.
Alternatively, the spin-up can be performed in an infinite loop, which is exited as soon as one or multiple
physical quantities (e.g. firn-air content, runoff) approximate a steady state [Mottram et al., 2017a;
Schmidt et al., 2017]. The spin-up procedures applied for SNOWPACK and the IMAU-FDAM are
described in Sect. 2.1.1 and 2.1.2, respectively. The spin-up itself is initialised with density profiles from
the steady-state densification equation of the IMAU-FDM (see Sect. 2.1.2) and with vertically constant
temperatures that are equal to the average surface temperature over a reference period (1960–1979).
These temperatures are corrected for latent heat release by refreezing according to Reeh [2008].

2
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The spatially distributed snow/firn simulations for Greenland were performed on the rotated RACMO2.3
grid, which has an ∼11 km horizontal resolution, and for glaciated grid cells according to RACMO2.3’s
ice mask (Fig. 2.2). To reduce computational demand, grid cells in the interior of the ice sheet were run
on a checkerboard grid; i.e. only every second grid cell was run. The missing data were subsequently

2

Figure 2.2: RACMO2.3 Greenland domain with glaciated area (white), unglaciated area (brown) and
elevation contour lines (dash; every 500 m a.s.l.). The boundary relaxation zone is indicated by dots
every other grid cell. The grey area, enclosed by the red line, shows the region where snow/firn models
were applied on a checkerboard grid. Output for remaining grid cells was bilinearly interpolated from
neighbouring cells for this region.

bilinearly interpolated. This method is justified by the small horizontal climate gradients in the interior
of the ice sheet. The simulation was carried out on the European Centre for Medium-Range Weather
Forecasts (ECMWF) supercomputer where different locations can easily be run in parallel due to the
assumption of non-communicating grid cells.
The snow/firn models considered in this study are the IMAU-FDM [Ligtenberg et al., 2011] and SNOWPACK [Bartelt and Lehning, 2002; Lehning et al., 2002b,a]. Their specific properties are description in
the following sections.
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SNOWPACK

SNOWPACK was originally designed to study seasonal snow cover, snow hydrology and avalanche formation in alpine terrain. Later on, the model’s application area was extended to polar ice sheets [Dadic
et al., 2008; Groot Zwaaftink et al., 2013; Van Tricht et al., 2016]. The model is one-dimensional, but
can be run in a spatially distributed framework (Alpine3D; Lehning et al., 2006), where radiation and
snowdrift are treated in a three-dimensional way. This framework was developed to simulate snow cover
in complex terrain and on high spatial resolutions (∼250 m or higher) and is thus not applied in this
study. SNOWPACK simulates microstructural snow properties such as grain size, bond size, dendricity
and sphericity and links these quantities to thermal and mechanical snow properties. Layer merging and
splitting criteria are checked for every layer in SNOWPACK. Splitting ensures a sufficient near-surface
resolution to capture small-scale temperature and moisture gradients. Merging depends on a threshold
for layer thickness, which increases linearly with depth, and originally on constant thresholds for layer
properties (volumetric contents and microstructural properties). In order to decrease the computational
demand of the model, merging was made more aggressive by implementing linear functions for thresholds of sphericity, grain size and volumetric ice content as well. The thresholds for sphericity and grain
size start to linearly increase from a depth of 10 m and the threshold for volumetric ice content from
a depth of 50 m. The resulting decrease in vertical resolution at greater depth is necessary to keep
the number of layers in a computationally reasonable range, particularly for locations in the interior of
the ice sheet with thick firn layers (> 100 m). Densification of snow/firn is computed as a function of
overburden pressure and by combining the constitutive relation for snow [Lehning et al., 2002b]:
ε̇ = −

σs
,
ηs

(2.2)

with the definition of strain rate (ε̇):

ε̇ =

d
dt



dL
L


=

1 dL
,
L dt

(2.3)

to yield:
dL −σs
=
dt .
L
ηs

(2.4)

L is thereby the thickness of a snow layer [m], σs the overburden pressure [Pa], ηs the viscosity of snow
[kg m-1 s-1 ] and t time [s]. The viscosity is a function of microstructural snow properties, temperature,
overburden pressure, and liquid water content (the presence of liquid water decreases viscosity) and can
be computed for temperatures ranging from -80◦ to 0◦ [Groot Zwaaftink et al., 2013]. The influence
of wind on near-surface snow compaction is explicitly simulated in SNOWPACK. A formulation for
an enhanced influence, as used by Groot Zwaaftink et al. [2013] for Antarctic experiments, is not used,
as the fresh snow density scheme (Eq. (2.1)) is already calibrated to yield snow densities valid for the
topmost couple of centimetres on the Greenland Ice Sheet (GrIS). Thermal conduction is computed as
a function of conduction through snow/firn constituents (ice, water and air) and a latent heat transport,
which is induced by a water vapour gradient. Additionally, the effect of wind pumping is considered
by linking near-surface thermal conductivity to surface wind velocity. Above a volumetric ice content
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of 0.55, a simpler formulation is used where the effective conduction is the sum of conduction through
ice, water and air. The specific heat capacities of snow/firn constituents are defined as constant values.
The irreducible water content is computed as a function of snow density [Coléou and Lesaffre, 1998;
Wever et al., 2014] and is limited to a maximum volumetric value of 8%. Beside the bucket scheme,
SNOWPACK can be run with alternative schemes for vertical water percolation, namely the Richards
equation [Wever et al., 2014] and an algorithm simulating preferential flow [Wever et al., 2016]. These
schemes were not considered due to their substantially higher computational demand, which is partially
caused by the need for higher vertical resolution. In addition, the scheme for preferential flow requires
calibration, which is difficult to conduct for the entire ice sheet due to the sparse availability of observational data. In contrast to the default time step of 900 s, SNOWPACK was run with a larger time step of
1800 s to increase computational efficiency. Sensitivity experiments with the larger time step confirmed
the numerical stability and revealed no significant deviation in the output compared to a run with the
default time step. In addition to the more aggressive layer merging, some further minor modifications
were implemented in SNOWPACK to use it for the glaciated area of Greenland and to allow a direct
comparison with the IMAU-FDM:
• A Surface Mass Balance (SMB) forcing mode is implemented to drive the model with SMBcomponents instead of meteorological observations. The internal Surface Energy Balance (SEB)
scheme of SNOWPACK, used when the model is forced with standard meteorological variables,
is hence switched off. This ensures equal surface mass fluxes (including melt amounts) for both
models.
• The density of the uppermost element is kept constant during sublimation, snowdrift and melt.
• The IMAU-FDM approach of dealing with layers that are depleted of pore space but contain
both ice and liquid water is adapted. For such layers, additional compaction leads to a decrease
in the liquid water content of the layer until the density of ice is reached. The excess water is
moved to the subjacent layer.
• To improve the agreement with observations, the tunable factors in the snow viscosity scheme
[Groot Zwaaftink et al., 2013] for the activation energy of snow Qs and the critical exponent β
are set to 16,080 J mol1 and 0.3, respectively.
As mentioned in Sect. 2.1, the model is forced with sublimation at the upper boundary. In RACMO2.3’s
internal snow model and in the IMAU-FDM, latent heat exchange between the surface and the atmosphere is limited to solid-to-gaseous phase transitions. In contrast, SNOWPACK also allows for evaporation and condensation. Deposition depends thereby on skin temperature, where ice is added at skin
temperatures below 0◦ C and water at melting conditions. When mass is removed, all liquid water of
the uppermost layer is removed before the ice matrix is sublimated.
The spin-up of SNOWPACK was conducted with the assumption that accumulating 70 m w.e. of solid
surface input is enough to refresh the firn layer sufficiently at each location. To decrease computational
time, the number of spin-up iterations (niter ) was limited to 2 for locations with a liquid (snowmelt,
rainfall) to solid (snowfall, sublimation, snowdrift) surface mass input ratio higher than 2.5. These
locations are situated in the ablation zone where only seasonal snow but no firn is present. An analysis
of the density profiles obtained by the spin-up confirmed that all niter -values were selected sufficiently
large to refresh the firn layer at each location.

2.1. Snow/firn models

2.1.2

25

IMAU-FDM

The IMAU-FDM was developed for interactive coupling to an Regional Climate Model (RCM) to simulate firn on polar ice sheets [Ligtenberg et al., 2011]. Layer merging and splitting is limited to the
upmost layer of the model. If the upper layer thickness exceeds 0.2 m due to a positive SMB (snowfall,
deposition, snow drift), the layer is split into two equal parts. If the layer thickness is reduced to below
0.1 m due to a negative SMB (sublimation, snowdrift, melt), the layer is merged with the one below.
The model contains a semi-empirical scheme to compute dry snow/firn densification [Arthern et al.,
2010]:


Eg
dρ
−Ec
= Mo C ḃ g (ρi − ρ) exp
+
.
dt
RT
R Tav

(2.5)

Here, ρ is the snow/firn density [kg m-3 ] and ρi the density of ice [kg m-3 ], t is time [s], ḃ is the mean
annual accumulation over a reference period [kg m-2 s-1 ], g is the gravitational acceleration [m s-2 ],
C is a coefficient depending on snow/firn density [-], T is the instantaneous local firn temperature [K]
and Tav the mean annual temperature at the surface [K], Ec and Eg are the activation energies for selfdiffusion of water molecules through the ice lattice and for grain growth [J mol-1 ] and R is the ideal
gas constant [J K-1 mol-1 ]. Equation (2.5) contains a calibration factor Mo [-], which is specifically
derived for the GrIS and depends on annual mean accumulation [Kuipers Munneke et al., 2015]. Heat
conduction k [W m-1 K-1 ] through snow/firn is computed as [Anderson, 1976]:
k = 0.021 + 2.5

 ρ 2
,
1000

(2.6)

and the specific heat capacity of ice c p [J kg-1 K-1 ] is a function of temperature:
c p = 152.5 + 7.122 T,

(2.7)

where T [K] is the temperature of the ice matrix [Cuffey and Paterson, 2010]. The irreducible water
content is set to a relatively low value of 2% of the pore volume to mimic processes that allow an effective vertical water transport to lower layers, such as piping [Greuell and Konzelmann, 1994; Reijmer
et al., 2012]. The model time step depends on the occurrence of melt and is reduced from 3600 s (dry
snow) to 300 s (wet snow) to capture vertical water percolation more accurately. The smaller time step
allows solving the heat equation with an explicit numerical scheme whereas the larger time step requires
an implicit scheme (Crank-Nicolson method) to ensure numerical stability. For the IMAU-FDM, the
number of spin-up iterations is computed via the steady-state form of Eq. (2.5):


Eg
−Ec
dρ
= Mo C g ρ (ρi − ρ) exp
+
,
dz
R Tav R Tav

(2.8)

which can be derived by combining Eq. (2.5) with Sorge’s Law [Bader, 1954]:
dz
ḃ
= ,
dt
ρ

(2.9)
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where z is the vertical coordinate [m] and T has been replaced by Tav . Equation (2.8) allows to compute
the firn thickness for a certain climate and together with the solid input at the surface, the temporal
length to refresh the entire firn layer can be estimated. For locations in the ablation zone (SMB < 0),
niter is set to a fixed value of 2.

2

2.2

Regional climate model RACMO2.3

The Regional Atmospheric Climate Model (RACMO) version 2.3 was developed and is maintained at
the Royal Netherlands Meteorological Institute. The model is a combination of the High Resolution
Limited Area Model, which accounts for the dynamical part [Undén et al., 2002], and the ECMWF
Integrated Forecast System (IFS), which accounts for the physical parameterisations [ECMWF-IFS,
2008]. Processes that are parameterised in the IFS are radiative transfer, turbulent mixing, subgrid-scale
orographic drag, convection, clouds and surface energy/mass exchanges (Fig. 2.3). RACMO2.3 is a
hydrostatic model, i.e. vertically moving acoustic waves are filtered out. The update from version 2.1 to
2.3 includes major changes in the description of cloud microphysics (e.g. allowing for super-saturation
over ice), surface/boundary layer turbulence and radiation transport [Van Wessem et al., 2014].

Figure 2.3: Schematic diagram of the different physical processes represented in the ECMWF-IFS
model (updated from ECMWF-IFS [2008]).

The polar version of RACMO2.3, which is used to simulate the climate over Greenland and Antarctica, was developed and is maintained at the Institute for Marine and Atmospheric Research Utrecht.
This version incorporates an improved representation of relevant processes in polar climate; particularly processes related to snow/firn. The most important change is the implementation of a two-way
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coupled multilayer snow model for the glaciated area [Ettema et al., 2010], which is largely identical
to the IMAU-FDM but has a coarser vertical resolution. This model applies 30–70 layers to simulate
snow, firn and ice with an increased resolution close to the surface. Analogous to the IMAU-FDM,
the snow/firn densification scheme depends on an annual surface accumulation rate, which is averaged
over a centred multi-year period. This rate is therefore prescribed from a previous RACMO2 run and
not determined online. Further important changes are: the implementation of a broadband snow albedo
scheme based on prognostic snow grain size [Kuipers Munneke et al., 2011], which e.g. accounts for
the influence of meltwater on snow grain size, and the implementation of a snow drifting routine that accounts for sublimation of drifting snow and horizontal redistribution of snow due to erosion/deposition
[Lenaerts et al., 2012b]. The parameterised albedo is a crucial factor for surface melt, as it defines the
net shortwave radiation in the SEB and thus co-determines the excess energy for melt if skin temperature
reaches the melting point. Snow cover on tundra (Fig. 2.2) is simulated by the original TESSEL (Tiled
ECMWF Scheme for Surface Exchanges over Land) module [ECMWF-IFS, 2008]. In this model, the
snowpack is treated as a single layer on top of soil or vegetation. Rain and meltwater is instantaneously
transferred to runoff due to the neglect of refreezing and liquid water retention. The snow albedo is
parameterised with a simple prognostic scheme that yields different evolutions for dry snow, melting
condition and snowfall. For snow depths below 0.015 m w.e., snow coverage in a grid cell is simulated
as a linear function of snow depth.
RACMO2.3 was run for a domain covering Greenland, Iceland, Svalbard and a part of Arctic Canada
(Fig. 2.2) for the period 1958–2015. The horizontal resolution is approximately 11 km and 40 hybridlevels, which follow the topography close to the surface and represent constant pressure levels higher
up in the atmosphere, are applied in the vertical. At the lateral boundary, a relaxation zone of 24
grid cells is defined to force the model with ERA-40 [Uppala et al., 2005] for 1958–1978 and ERAInterim [Dee et al., 2011] for 1979–2015. No forcing at the top or assimilation of observational data
within the domain was applied, which allowed the model to evolve freely in the interior. Sea surface
temperatures and sea ice fraction are also prescribed from re-analysis. The background ice albedo field
is derived from Moderate Resolution Imaging Spectroradiometer data for the period 2001–2012 and
clipped between 0.30 and 0.55 [Van Angelen et al., 2012]. Surface mask and topography are derived
from Bamber et al. [2001]. The snow/firn layer was initialised with output from an IMAU-FDM run
which was forced with a previous RACMO version (2.1). Evaluations of RACMO2.3 indicate that the
model is capable of realistically simulating present-day surface characteristics on the GrIS and that it
improves upon previous RACMO versions [Noël et al., 2015].
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3
Firn meltwater retention on
the Greenland Ice Sheet: a
model comparison
Summary
Runoff has recently become the main source of mass loss from the Greenland Ice Sheet and is an important contributor to global sea level rise. Linking runoff to surface meltwater production is complex,
as meltwater can be retained within the firn by refreezing or perennial liquid water storage. To constrain
these uncertainties, the outputs of two offline snow/firn models of different complexity (IMAU-FDM
and SNOWPACK) are compared to assess the sensitivity of meltwater retention to the model formulation (e.g., densification, irreducible water content, vertical resolution). Results indicate that model
differences are largest in areas where firn aquifers form, i.e., particularly along the southeastern margin of the ice sheet. The IMAU-FDM simulates higher densification rates for such climatic conditions
and prescribes a lower irreducible water content than SNOWPACK. As a result, the model predicts
substantially lower amounts of refreezing and liquid water storage. SNOWPACK performs better for
this area, confirmed both by density profiles from firn cores and radar-inferred observations. Refreezing integrated over the entire ice sheet and averaged for the period 1960–2014 amounts to 216 Gt a-1
(IMAU-FDM) and 242 Gt a-1 (SNOWPACK), which is 41% and 46% of the total liquid water input
(snowmelt and rainfall). The mean areal extents of perennial firn aquifers for 2010–2014 simulated
by the models are 55,700 km2 (IMAU-FDM) and 90,200 km2 (SNOWPACK). Discrepancies between
modelled firn profiles and observations emphasize the importance of processes currently not accounted
for in most snow/firn models, such as vertical heterogeneous percolation, ponding of water on impermeable layers, lateral (sub-)surface water flow, and the issue of ill-constrained refreezing conditions at
the base of firn aquifers.

This chapter is based on: Steger, C. R., Reijmer, C. H., van den Broeke, M. R., Wever, N., Forster, R. R.,
Koenig, L. S., Kuipers Munneke, P., Lehning, M., Lhermitte, S., Ligtenberg, S. R. M., Miège, C., and Noël, B. P. Y.
(2017), Firn Meltwater Retention on the Greenland Ice Sheet: A Model Comparison, Frontiers in Earth Science,
5(3), 10.3389/feart.2017.00003.
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3.1

3. GrIS snow/firn model comparison

Introduction

The Greenland Ice Sheet (GrIS) is the largest freshwater reservoir in the Northern Hemisphere and its
complete deglaciation would cause a sea level rise of 7.4 m [Bamber et al., 2013]. Studying the GrIS
mass balance is important, since surface melt along the margins is rapidly increasing, and its current
mass loss is more than double that of the Antarctic Ice Sheet [Van den Broeke et al., 2016]. Between
2000 and 2008, ice discharge and runoff contributed equally to the total mass loss of the GrIS [Van den
Broeke et al., 2009]. In recent years (2009–2012), the relative contribution of meltwater runoff to total
mass loss increased to 68% [Enderlin et al., 2014]. It is likely that this trend will continue in the future,
especially as progressively more outlet glaciers of the GrIS will lose contact with the ocean when the
ice sheet retreats further inland [Goelzer et al., 2012].

3

Runoff is related to the amount of surface melt, which increased significantly in recent years [Van Angelen et al., 2014]. Primary causes of enhanced melting are atmospheric warming, which is further
enhanced by polar amplification [Bekryaev et al., 2010], and the darkening of the ice sheet [Van As
et al., 2013]. The darkening is caused by dust, glacial cyanobacteria, and algae [Wientjes et al., 2011;
Yallop et al., 2012] and by snow grain growth [Tedesco et al., 2016]. Expansion of the melt area is additionally amplified by the hypsometry of the ice sheet, with the surface slope decreasing toward higher
elevations [Mikkelsen et al., 2016]. However, the effect of increased surface meltwater on runoff is not
straightforward, as meltwater can be retained within the firn due to refreezing and liquid water storage,
or in supra- and subglacial hydrological systems [Livingstone et al., 2013]. Understanding the shortand long-term effects of meltwater buffering is hence crucial for projecting future contributions of the
GrIS to global sea level rise.
The surface of the GrIS can be divided into an ablation and accumulation area, separated at the Equilibrium Line Altitude (ELA). Refreezing in the ablation area happens mainly at the beginning of the
melt season, when meltwater percolates into the cold snowpack accumulated during the previous winter. This storage is however only temporary due to the negative annual Surface Mass Balance (SMB).
Still, refreezing delays the exposure of bare ice in the ablation zone [Reijmer et al., 2012] and hence
reduces melt by maintaining a higher surface albedo. As soon as all available pore space in the snow
is saturated, meltwater may laterally run off through an efficient drainage system [Smith et al., 2015]
and accumulate in supraglacial lakes or drain into crevasses or moulins. The accumulation zone can be
further divided into the dry snow and the percolation zone. The former is not affected by surface melt
and/or rainfall and is hence irrelevant for liquid water retention. On the GrIS, this zone is vanishing,
as e.g., in mid-July 2012, almost the entire ice sheet experienced surface melt [Nghiem et al., 2012;
Bennartz et al., 2013]. The percolation zone is demarcated by the dry snow line at its upper boundary
and the ELA at its lower limit and it is divided in two parts by the runoff line. In the upper part, all melt
is retained locally whereas a certain fraction of meltwater drains laterally into the lower part. These
areas are of particular interest for studying refreezing processes as they may have the potential to buffer
a considerable amount of meltwater [Harper et al., 2012].
Vertical meltwater percolation happens through a homogeneous wetting front [Colbeck, 1972] and/or
through heterogeneous piping, where water (and latent energy) is efficiently transported to greater depth.
Piping events seem to be linked to layer transitions (in terms of density or grain size) with ponding
water conditions [Humphrey et al., 2012]. A further important effect of refreezing is the formation of
ice layers. Thick ice layers, with a vertical extent of up to several metres, may prevent meltwater from
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reaching greater depths and hence induce lateral runoff before all pore space is filled [Machguth et al.,
2016]. At the end of the melt season, low surface temperatures induce conductive heat loss in the firn
and thereby refreeze liquid water that is held by capillary forces (irreducible water). At some locations
however, refreezing is suppressed by high annual snowfall rates that isolate the liquid water from the
cold winter atmosphere [Kuipers Munneke et al., 2014]. These perennial water bodies are called firn
aquifers and their abundance is particularly high along the south-eastern margin of the GrIS [Forster
et al., 2014].
Many unknown factors, including current and future rates of rainfall [Doyle et al., 2015], remain in
quantifying past, current and future refreezing on the GrIS. A study by Reijmer et al. [2012], where refreezing is compared between two Regional Climate Models (RCMs) that explicitly simulate refreezing
and different refreezing parameterisations, indicates that the RCMs agree reasonably well with respect
to the amount of refreezing, whereas the parameterisations differ substantially. Currently, most models
that simulate refreezing explicitly do not account for processes such as impermeable layers, vertical heterogeneous percolation [Hirashima et al., 2014; Avanzi et al., 2016] or lateral water movement within
the firn [Cox et al., 2015]. Uncertainty about the total amount of pore space in the firn for refreezing
is also rather large: Harper et al. [2012] assume that all pore space is available for refreezing and that
lateral runoff only occurs if the underlying firn is totally saturated. Machguth et al. [2016] however
suggest that thick ice layers, which seem to form on large horizontal scales and after substantial surface melt, could render the underlying pore space unavailable for surface melt water, enhancing runoff.
Furthermore, our lack of knowledge about sub- and englacial water storage introduces additional uncertainties in the amount of runoff predicted by climate models [Rennermalm et al., 2013a; Smith et al.,
2015]. A study by Vernon et al. [2013] also highlights the importance of accurately modeling refreezing and indicates that the relatively good model agreement in terms of GrIS integrated SMB may be the
result of regionally compensating errors.
In this study, we compare the results of two one-dimensional numerical snow/firn models of different
complexity, with a special focus on refreezing and liquid water retention on the GrIS. Both models are
forced with the most recent outputs of the regional atmospheric climate model RACMO2.3 [Noël et al.,
2015]. The primary goal is to assess the sensitivity of refreezing and liquid water storage to the model
formulation. A more comprehensive understanding of these processes is highly relevant in estimating
current and particularly future GrIS runoff amounts, which contribute substantially to the rise in global
sea level. The following section provides an overview of the snow/firn models used, a description of
the forcing and spin-up procedure, and a brief description of the observational data. Subsequently, the
model’s performance is assessed with density profiles from firn cores. Finally, the spatial and temporal
patterns of refreezing, liquid water storage, and near-surface ice layers in the models are analysed and
discussed.

3.2

Models, methods and data

The snow/firn models considered in this study are the Institute for Marine and Atmospheric Research
Utrecht Firn Densification Model (IMAU-FDM; Ligtenberg et al., 2011) and SNOWPACK [Bartelt and
Lehning, 2002; Lehning et al., 2002b,a]. Both models are one-dimensional, i.e., there is no lateral
exchange of mass and energy between neighboring grid cells, and they are formulated in a Lagrangian
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framework, in which the coordinate system moves vertically with the ice matrix. The largest difference
between the models concerns the densification scheme, the amount of irreducible water content, the
vertical resolution and the general complexity.

3.2.1

IMAU-FDM

The IMAU-FDM was developed for interactive coupling to an RCM to simulate firn on polar ice sheets
[Ligtenberg et al., 2011]. It contains a semi-empirical scheme to compute dry firn densification [Arthern
et al., 2010]:


Eg
dρ
−Ec
= Mo C ḃ g (ρi − ρ) exp
+
.
(3.1)
dt
RT
R Tav
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Equation (3.1) contains a calibration factor (Mo ), which is specifically derived for the GrIS and depends
on annual mean accumulation [Kuipers Munneke et al., 2015]. Here, ρ is the firn density and ρi the
density of ice, t is time, ḃ is the mean annual accumulation over a reference period, g is the gravitational
acceleration, C is a coefficient depending on density, T is the instantaneous local firn temperature and
Tav the mean annual temperature at the surface, Ec and Eg are the activation energies for self-diffusion
of water molecules through the ice lattice and for grain growth, and R is the ideal gas constant. The
model time step depends on the occurrence of melt and is reduced from 3600 s (dry snow) to 300 s (wet
snow) to capture vertical water percolation more accurately. Heat conduction (k) through the snow/firn
is computed as [Anderson, 1976]:
k = 0.021 + 2.5

 ρ 2
.
1000

(3.2)

The specific heat capacity of ice is computed as a function of temperature. The vertical water percolation
is simulated with a bucket scheme where melt water runs through all layers within one model time step
and water is retained as ice or liquid water based on the availability of pore space and cold content. The
irreducible water content is set to a relatively low value of 2% of the pore volume to mimic processes
that allow an effective vertical water transport to lower layers, such as piping [Reijmer et al., 2012;
Greuell and Konzelmann, 1994]. Layer merging and splitting is constrained to the upmost layer of the
model. If the upper layer thickness exceeds 0.2 m due to a positive SMB (snowfall, sublimation, snow
drift), the layer is split into two equal parts. If the layer thickness is reduced to below 0.1 m due to a
negative SMB (sublimation, snowdrift, melt), the layer is merged with the one below.

3.2.2

SNOWPACK

SNOWPACK, a state-of-the-art snow model, was originally designed to model seasonal snow cover in
alpine areas and as a tool to study avalanche formation and snow hydrology. Recently, it has also been
successfully applied to polar regions [Dadic et al., 2008; Groot Zwaaftink et al., 2013; Van Tricht et al.,
2016]. SNOWPACK simulates microstructural snow properties such as grain size, bond size, dendricity,
and sphericity and links these quantities to thermal and mechanical snow properties. Densification of
snow is calculated by combining the constitutive relation for snow [Lehning et al., 2002b]:
ε̇ = −

σs
,
ηs

(3.3)
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with the definition of strain rate (ε̇):
ε̇ =

d
dt



dL
L


=

1 dL
,
L dt

(3.4)

to yield:
dL −σs
=
dt .
(3.5)
L
ηs
L is thereby the thickness of a snow layer, σs the overburden pressure and ηs the viscosity of snow. The
viscosity is a function of microstructural snow properties, temperature, overburden pressure, and liquid
water content (the presence of liquid water decreases viscosity) and can be computed for temperatures
ranging from -80◦ to 0◦ C [Groot Zwaaftink et al., 2013]. Close to the surface, SNOWPACK considers the influence of wind speed on snow compaction. A formulation simulating an enhanced impact
of wind speed on near-surface snow compaction, which was implemented for Antarctic experiments
[Groot Zwaaftink et al., 2013], is not used, as the fresh snow density scheme (Eq. (3.6)) is already
calibrated to yield snow densities valid for the topmost couple of centimetres on the GrIS. Thermal
conductivity is computed as a function of (I) conduction through ice, pore space, and liquid water and
(II) latent heat transport, which is induced by a water vapor gradient. Additionally, the effect of wind
pumping is considered by linking near-surface thermal conductivity to surface wind velocity. Above
a volumetric ice content of 0.55, a simpler formulation is used where the effective conduction is the
sum of conduction through ice, water, and air. In the version we use, vertical water transport can be
simulated by the bucket scheme or by the Richards equation. In contrast to the bucket scheme, Richards
equation solves explicitly for the balance between capillary suction and gravity [Wever et al., 2014].
Recently, a scheme for simulating preferential flow was implemented [Wever et al., 2016], but this version has not yet been applied to Greenland. For this study, the bucket scheme is chosen to enable a
direct comparison with the IMAU-FDM and because this scheme is computationally less demanding.
The irreducible water content is computed as a function of snow density [Coléou and Lesaffre, 1998;
Wever et al., 2014] and is limited to a maximum volumetric value of 8%. This value is based on an
expert judgment on maximal water retention by capillary suction.
Layer merging and splitting criteria are checked for every layer in SNOWPACK. Splitting ensures a
sufficient near-surface resolution to capture small-scale temperature and moisture gradients. Merging
depends on a threshold for thickness, which is a linear function of depth, and the similarity of layer
properties (volumetric contents and microstructural properties). The reduction of layers by merging is
necessary to limit the computational demand of the model. SNOWPACK runs, in contrast to the default
value of 900 s, with a time step of 1800 s to increase computational efficiency. Sensitivity experiments
with the larger time step confirmed the numerical stability and revealed no significant deviation in the
output compared to a run with the default time step. The intermittent use of a smaller time step (300 s)
for the IMAU-FDM is possible due to the model’s lower computational demand. Minor modifications
are introduced to the model to use it for the glaciated area of Greenland and to allow a direct comparison
with the IMAU-FDM:
• A SMB forcing mode is implemented to drive the model with SMB-components instead of meteorological observations (see Sect. 3.2.3). The internal surface energy balance scheme of SNOWPACK is hence switched off. This ensures equal SMB fluxes (including melt amounts) for both
models.
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• The density of the uppermost element is kept constant during sublimation, snowdrift and melt.
• The layer merging thresholds for sphericity, grain size, and volumetric ice content are no longer
constants but functions of depth. The thresholds for sphericity and grain size start to linearly
increase from a depth of 10 m and the threshold for volumetric ice content from a depth of 50 m.
The resulting decrease in vertical resolution at greater depth is necessary to keep the number of
layers in a computationally reasonable range.
• The IMAU-FDM approach of dealing with layers that are depleted of pore space but contain
both ice and liquid water is adapted. For such layers, additional compaction leads to a decrease
in the liquid water content of the layer until the density of ice is reached. The excess water is
moved to the subjacent layer.

3

• To improve the agreement with observations, the tunable factors in the snow viscosity scheme
[Groot Zwaaftink et al., 2013] for the activation energy of snow Qs and the critical exponent β
are set to 16,080 J mol-1 and 0.3, respectively.

3.2.3

Model forcing and spin-up

Both models are forced at the upper boundary with output from the regional atmospheric climate model
RACMO2.3. This model is specifically adapted to simulate climate conditions over ice sheets and contains a multilayer snow model, physically identical to the IMAU-FDM but with fewer vertical layers, an
albedo scheme based on prognostic snow grain size [Kuipers Munneke et al., 2011] and a drifting snow
routine [Lenaerts et al., 2012b]. RACMO2.3 was run for the period 1958–2015 on an 11 km horizontal
resolution grid and a domain including Greenland, Iceland, Svalbard, and part of arctic Canada. Evaluations of RACMO2.3 indicate that the model is capable of realistically simulating present-day surface
characteristics on the GrIS and that it improves upon previous RACMO versions [Noël et al., 2015].
Three-hourly time series of RACMO2.3 cumulative snowfall, rainfall, evaporation/sublimation, snowdrift erosion/deposition, surface melt, and instantaneous skin temperature are used to force both models.
Applying the same boundary conditions to both models allows an objective comparison of the internal
processes. A minor difference in the forcing concerns sublimation and evaporation. In the IMAU-FDM,
the sum of these mass fluxes is exclusively treated as sublimation. In SNOWPACK, deposition depends
on the skin temperature, where ice is added at skin temperatures below 0◦ C and water under melting
conditions. When mass is removed, all liquid water is removed before sublimating the ice matrix. The
forcing data are linearly interpolated to the model time step. By using three-hourly data, the diurnal
temperature cycle is reasonably well captured - a relevant process for near-surface refreezing. The heat
equation is solved with a Dirichlet boundary condition at the top (skin temperature) and a Neumann
condition at the bottom (zero heat flux) in both models. A further required boundary condition is the
fresh snow density. For this study, a simple parameterisation is used where fresh snow density (ρ0 ) is
related to the mean annual surface temperature (Tav ) [Kuipers Munneke et al., 2015]:
ρ0 = 481.0 + 4.834 (Tav − 273.15) .

(3.6)

Both models are run on the RACMO2.3 spatial grid and ice mask (Fig. 3.1). However, to decrease
computational time, the models are run on a checkerboard grid in the interior of the ice sheet, i.e., only
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Figure 3.1: Map of Greenland with ratio of liquid to solid surface mass input (Rliq/sol ) averaged over
1960–2014 for the RACMO2.3 ice mask. Additionally, the eight drainage basins, the location of the firn
cores (grey) and the transect (red) used in this study are shown. Firn cores that are discussed in detail
are labelled.
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every second RACMO2.3 cell is simulated. Within approximately 40 km of the ice sheet margins, all
grid cells are run to resolve the greater climate gradients.
A spin-up for both snow/firn models is conducted to initialize the models with reasonable firn profiles
in 1960. In accordance with Kuipers Munneke et al. [2015], we assume that a 20-year reference period
(1 January 1960 – 31 December 1979) is representative for the pre-1960 climate. The spin-up for an
individual location is performed by iterating over the reference period for an appropriate number of
times (niter ) to refresh the entire firn layer. Due to the individual densification schemes of the models
(Eq. (3.1) and Eq. (3.5)), niter is determined differently for the IMAU-FDM and SNOWPACK:
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• IMAU-FDM: A steady-state solution of Eq. (3.1) can be computed [Ligtenberg et al., 2011]
and applied to the reference period. This yields an approximation of the firn thickness for each
location and allows the calculation of niter together with the surface mass flux over the reference
period. For locations with a negative SMB, niter is set to 2 to initialize a reasonable winter snow
cover over bare ice.
• SNOWPACK: Equation (3.5) does not allow the derivation of a steady-state solution and hence
another spin-up strategy is adopted. It is assumed that the firn layer at each location is entirely
refreshed after accumulating 70 m water equivalent of solid input. Combining this assumption
with the surface solid mass flux over the reference period yields niter for each location. To
decrease computational time, niter is limited to 2 for locations with a liquid (snowmelt, rainfall)
to solid (snowfall, sublimation, snowdrift) surface mass input ratio (Rliq/sol ) higher than 2.5.
These locations are situated in the ablation zone where only seasonal snow but no firn is present.
An analysis of the density profiles obtained by the spin-up confirmed that all niter -values were
selected sufficiently large to refresh the firn layer at each location.
The spin-up in both models is initialized with firn density profiles computed with the steady-state solution of Eq. (3.1) and with vertically constant temperatures that are equal to the average surface temperature over the reference period. These temperatures are additionally corrected for latent heat release by
refreezing according to Reeh [2008].

3.2.4

Observational data

All firn cores, except the one for location FA13 (Fig. 3.1), are taken from the data set compiled by
Kuipers Munneke et al. [2015]. Density values of these profiles are usually calculated over a vertical
distance of 0.5–2 m, hence the data of these cores do not capture thin layer variations such as ice lenses.
The core used for location FA13 is described in Koenig et al. [2014]. Evaluation of the models with firn
cores is performed by selecting the closest grid cell and available time step of the models. The locations
of all firn cores are shown in Fig. 3.1. We also use data from airborne radar, which was on board
the NASA Operation IceBridge aircraft spring campaigns between 2010 and 2014 before the onset of
surface-melt [Miège et al., 2016]. The data are used to evaluate the horizontal extent of firn aquifers and
ice layers simulated by the two numerical models. The Accumulation Radar was built and is operated
by the Center for Remote Sensing of Ice Sheets at the University of Kansas to image near-surface (up to
∼400 m depth) internal structure of the ice sheet with a 65 cm vertical resolution [Rodriguez-Morales
et al., 2014]. The Accumulation Radar is well suited to image the presence of a water table in the firn
characterized by a bright reflector in the radar images [Forster et al., 2014; Miège et al., 2016].
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Model output processing

Both models provide time series and vertically resolved data for each grid cell. The vertically resolved
data are first mass-conservatively resampled to a common grid. Subsequently, these data and the time
series are bilinearly interpolated from the checkerboard grid to the full ice mask. Temporal resampling
is either done mass-conservatively for flux quantities or with linear interpolation for the remaining data.

3.3
3.3.1

Results and discussion
Evaluation of models with vertical density profiles

A summary of the model performances in simulating average firn density in the topmost 30 m is shown
in Fig. 3.2, with the colours indicating the ratio of liquid to solid mass input at the surface (Rliq/sol ).
Generally, the skills are comparable, with both models overestimating density in regions with relatively
high amounts of liquid water input. It is important to note that the firn core samples shown in Fig. 3.2
do not capture all occurring surface conditions on the GrIS, with some regions being rather over- or
underrepresented.

Figure 3.2: Modelled versus observed average firn density of the topmost 30 m. Colours indicate the
ratio of liquid to solid surface mass input (Rliq/sol ). Note that some shallow firn cores do not extend
down to 30 m and hence only the available part is considered.

Despite the similar patterns shown in Fig. 3.2, there are some notable differences, which are subsequently addressed by means of selected firn cores in Fig. 3.3. First of all, the IMAU-FDM shows
a better agreement with observed profiles for locations with low Rliq/sol -values where SNOWPACK
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exhibits a larger scattering with mean densities being typically slightly underestimated. The lower scattering in the IMAU-FDM can be explained by the tuning of the model’s densification scheme with these
cores. Density biases in SNOWPACK, particularly at greater depth, are likely related to the fact that its
densification scheme was developed for alpine snow cover [Lehning et al., 2002b]. Seasonal snow has
a relatively short lifetime and hence overburden pressures that occur on an ice sheet are never reached.
Relevant processes for the later densification stages are therefore likely not fully incorporated in the
densification scheme. SNOWPACK overestimates near-surface densities for the firn cores with the
lowest mean annual surface temperatures (< -28◦ C), which are located in the north-eastern part of the
GrIS. For locations with temperatures between -26◦ and -28◦ C, near-surface density is generally in line
with observations (Fig. 3.3a), whereas for higher temperatures, SNOWPACK tends to underestimate
near-surface densities (Fig. 3.3b).

3

For locations with Rliq/sol -values larger than approximately 0.2, the IMAU-FDM reveals a positive bias
in mean density where SNOWPACK indicates a better agreement (Fig. 3.3c and following figures). The
simulation of surface melt-freeze crusts and ice layers in SNOWPACK, which occurs at locations with
considerable amounts of surface melt is addressed in Sect. 3.3.4. Location ACT10 A (Fig. 3.3d) has a
relatively high mean annual surface temperature and accumulation rate and is located relatively close
to observed firn aquifers. At this site, the IMAU-FDM reveals a particularly pronounced density overestimation whereas SNOWPACK is in better agreement with the observed density. The high-density
spike around 10 m depth in the SNOWPACK profile is caused by a recent (around 2005) increase in
liquid surface input and subsequent refreezing. Its absence in the observed density profile suggests an
underestimation of vertical water transport in SNOWPACK, which does not account for vertical heterogeneous percolation in the used version. The relevance of the mismatch between the models under
these climate conditions will be further discussed in Sect. 3.3.3.
For locations with even higher Rliq/sol -values (> 0.6), both models consistently overestimate mean
density (Fig. 3.3e and 3.3f), but SNOWPACK exhibits a lower bias. For Rliq/sol -values close to or
above 1, the IMAU-FDM generally simulates bare ice profiles. As discussed in Kuipers Munneke et al.
[2015], the overestimated density at high-melt locations could be caused by inaccurate atmospheric
forcing, i.e., too much refreezing caused by an overestimation of surface melt or too little pore space
caused by an underestimation of accumulation. Alternatively, errors in the snow/firn models could
be responsible for this density bias due to an overestimation of refreezing caused by underestimating
vertical water flow or ignoring lateral runoff due to impermeable ice layers. However, it seems likely
that the IMAU-FDM overestimates densification rates for such locations as SNOWPACK still simulates
available pore space for locations with a Rliq/sol -value close to 1 (Fig. 3.3f). The pore space in the upper
part of this density profile was recently filled with refreezing meltwater, where the low-density spike
at around 7 m depth was caused by an intermediate period with a lower Rliq/sol -value. This mismatch
between the modelled and observed density may suggest again an underestimation of vertical water
transport in SNOWPACK or points to the inability of the model to allow for lateral runoff at the surface.
Finally, a bias in fresh snow density could also contribute to density overestimations. This is supported
by the fact that the uppermost measured firn densities are lower than values simulated by both models for
the majority of the locations (not shown). Compared to other parameterisations (e.g., Groot Zwaaftink
et al. [2013]), the fresh snow density formulation used in this study indeed predicts rather high values
(between 320–480 kg m-3 ). However, it is challenging to formulate an accurate and robust parameterization due to the numerous influencing factors (temperature, wind speed, humidity) and the sparse
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Figure 3.3: Observed (black) and modelled (IMAU-FDM: blue, SNOWPACK: red) firn density profiles
for six locations from different surface climate zones. The numbers in the lower left corner state the
ratio of liquid to solid surface mass input (Rliq/sol ), the mean annual surface temperature and the mean
annual solid accumulation. The shaded profiles are model outputs at native vertical resolution whereas
the thick lines represent profiles resampled to the vertical resolution of the firn cores.
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availability of observational data for the GrIS when it comes to real surface density, instead of the
average over the first tens of centimetres.

3.3.2

Refreezing and runoff

The mean spatial refreezing patterns of both models are similar (Fig. 3.4), although the absolute magnitude differs significantly in some regions. In the northern and northeastern part of the GrIS (Basins 1
and 2), basin-integrated amounts of refreezing are slightly higher in the IMAU-FDM.

3

Figure 3.4: Refreezing amounts averaged over the years 1960–2014 for both models. The red line
marks the ELA derived with SMB components from RACMO2.3 but runoff is taken from the respective snow/firn model. Numbers provided in the drainage basins represent basin-integrated values of
refreezing. The values in brackets express refreezing as a fraction of liquid surface mass input (melt
and rainfall).

This can be explained by lower refreezing amounts in SNOWPACK in the ablation zone and for some
regions close to the ELA (Fig. 3.5a and 3.5b). The model difference in the ablation zone is caused
by two factors: (I) in SNOWPACK, part of the surface melt evaporates whereas in the IMAU-FDM, a
latent-heat flux is always linked to a mass change of the ice matrix and (II) a combined effect of model
differences in vertical resolution and merging of summer snowfall into subjacent ice layers. In contrast
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to SNOWPACK, merging in the IMAU-FDM is performed regardless of differences in layer properties.
Hence, snowfall is merged into subjacent ice layers, which results in comparably thick surface layers
(∼0.1 m) with pore space available for liquid water retention and refreezing. During subsequent surface
melt, this void space remains available longer than in SNOWPACK. The difference close to the ELA
is caused by SNOWPACK simulating higher mean densities in the upmost 20 m. This leads to less
available pore space for refreezing during the melt season. SNOWPACK therefore also predicts higher
runoff amounts for these two basins (Fig. 3.6f).

3

Figure 3.5: Difference (SNOWPACK – IMAU-FDM) in monthly refreezing amounts for June (a), July
(b), and August (c) averaged over the years 1960–2014. The blue (IMAU-FDM) and red (SNOWPACK)
lines mark the ELA derived with SMB components from RACMO2.3 but with runoff taken from the
respective snow/firn model.

Refreezing in the three basins on the eastern, southeastern and southern GrIS (Basins 3–5) is substantially larger (∼18–29%) in SNOWPACK. In early June, the discrepancy is small because both
models provide mostly enough pore space and cold content to refreeze percolating meltwater. In July,
when surface snowmelt amounts peak, SNOWPACK simulates considerably higher refreezing values
(Fig. 3.5b). In both models, near-surface firn in the vicinity of the ice sheet margins is temperate at this
time, hence the difference is mainly caused by the higher irreducible water content and vertical resolution in SNOWPACK, which leads to more near-surface refreezing due to diurnal temperature variations.
For all three basins, the difference in refreezing peaks in late July or early August with a decay toward
autumn (Fig. 3.6c). This decaying difference is caused by the higher amounts of irreducible water in
SNOWPACK, which refreeze in autumn when firn temperatures steadily decrease. Runoff generation
is thus persistently smaller for Basins 3–5 compared to the IMAU-FDM (Fig. 3.6f).
For Basins 6–8, SNOWPACK simulates slightly higher mean area-integrated refreezing values. These
higher values are primarily restricted to the accumulation zone. There, deeper firn temperatures are
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3
Figure 3.6: Mean (1960–2014) seasonal cycle of refreezing (a–c) and runoff (d–f) for the eight GrIS
drainage basins and the two models. The right column represents the difference of these two variables
between the models.

well below 0◦ C in both models, and SNOWPACK simulates layers with porous firn, in contrast to the
IMAU-FDM. This void space is subsequently filled with percolating meltwater that refreezes, particularly during the last decade of the simulation period when liquid mass input at the surface increases
significantly. In the ablation area, refreezing is generally lower in SNOWPACK; especially in August
(Fig. 3.5c). Hence runoff in SNOWPACK is lower for these basins at the beginning of the melt season
but this pattern reverses in August when the refreezing difference in the ablation zone starts to dominate. The reason behind the generally lower amounts of refreezing in SNOWPACK in the ablation
zone is the same as for Basins 1 and 2. Mean annual GrIS integrated values of refreezing are 216 Gt a-1
(123 mm w.e. a-1 ) for the IMAU-FDM and 242 Gt a-1 (138 mm w.e. a-1 ) for SNOWPACK, respectively.
Reijmer et al. [2012] found refreezing values for the GrIS in the range of 54–151 mm w.e. a-1 averaged
over the period 1958–2008; depending on the RCM, refreezing parameterisation, and ice mask used.
The values obtained in this study are comparable but in the higher part of the range; particularly the one
simulated by SNOWPACK.

3.3.3

Perennial firn aquifers

In this study, perennial firn aquifers are defined as liquid water bodies in the firn that persist throughout
the winter. Observed firn aquifers on the GrIS normally reveal saturated conditions, i.e., the entire pore
space is filled with liquid water [Forster et al., 2014; Koenig et al., 2014]. The models applied in this
study are however not capable of simulating such conditions in the used configuration, because ponding
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of liquid water within the firn is not allowed. To compare observed and modelled firn aquifer locations,
we therefore apply the term perennial firn aquifer to both saturated and unsaturated conditions.
Both models simulate firn aquifers, but there are significant differences in the horizontal extent and
the stored liquid water mass (Fig. 3.7). Apart from the south-eastern GrIS, SNOWPACK produces
extensive firn aquifers on the southern tip of the GrIS, along the north-western edge, and on Sukkertoppen ice cap. The IMAU-FDM fails to predict significant firn aquifers in the northwest and the general
amount of liquid water stored is small compared to SNOWPACK. Comparing the spatial occurrence
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Figure 3.7: Vertically integrated liquid water content averaged over April (2010–2014) before the
onset of the melt season for IMAU-FDM (a) and SNOWPACK (b). Numbers provided in the drainage
basins represent basin-integrated values of liquid water mass. Black dots mark the position of radarderived firn aquifers from Operation IceBridge Accumulation Radar flights 2010–2014 [Miège et al.,
2016]. The sub-panels in the lower right corner show a zoom-in of the south-eastern margin of the
GrIS. Note the different colour scales for both panels.
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of firn aquifers in the models with radar-derived locations [Miège et al., 2016] indicates a good agreement; particularly for SNOWPACK (Table 3.1). Compared to this version of the IMAU-FDM, the
previous better agreement of RACMO2.1 data with firn aquifer observations [Forster et al., 2014] can
be attributed to a different densification scheme, as described by Reijmer et al. [2012]. By comparing
radar-inferred with modelled data, it is important to remember that observations indicate detections of
water tables (saturated conditions) whereas the models show the occurrence of perennial liquid water
without pore space saturation. The models’ (particularly SNOWPACK’s) apparent overestimation of the
firn aquifer’s horizontal extent downstream of the mapped locations may be explained by: (I) crevasses
that evacuate stored liquid water and prevent the realization of a water table, (II) complex bedrock topography, which is not captured by the model’s horizontal resolution and hinders the formation of firn
aquifers, and (III) flight tracks not covering the entire area near the ice margin. The IMAU-FDM also indicates some areal overestimation upstream of the mapped locations, especially along the south-eastern
margin (inset panel Fig. 3.7a). This is caused by near-surface temperate firn conditions. In SNOWPACK, densification rates are lower, implying stronger downward advection of cold winter snowfall
and hence cold conditions where all percolating meltwater refreezes. SNOWPACK indicates some
areal overestimation on the western GrIS. Generally, these amounts of stored liquid water are rather
small (< 200 kg m-2 ) and hence likely below the detection limit of the radar [Miège et al., 2016]. Some
isolated locations of radar-inferred firn aquifers are not captured by both models. This might be due
to errors in RACMO2.3 forcing or the horizontal resolution of the models being too coarse to resolve
small-scale climatic conditions required for firn aquifer formation.
Table 3.1: Modelled firn aquifer characteristics averaged over April (2010–2014) before the onset of
the melt season. Storage amounts assuming pore space saturation are derived by adding model runoff to
void pore space of wet layers until full saturation is established. The observational constrained values
are derived by limiting the areal extent of firn aquifers by radar-derived observations.
IMAU-FDM

SNOWPACK

55,700

90,200

(0)

(60,900)

-

48.2 %

67.7 %

Irreducible water

Gt

0.8

75.8

Pore space saturation

Gt

44.5

299.7

Observational constrained

Gt

22.7

158.2

km2

Area

Extent
(liquid water > 200 kg

m-2 )

Coverage of observed
firn aquifers by models

Liquid mass
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pore space saturation

To account for the models’ inability to allow for saturation of pore volume by liquid water, estimates
of water storage considering saturation are provided, which form an upper boundary for the stored
mass (Table 3.1). However, these estimates are likely too high, because no water tables were detected
for large areas in the vicinity of the ice sheet margin where both models simulate firn aquifers (inset
panels Fig. 3.7). As mentioned, this is most likely related to the presence of crevasses and/or complex
bedrock topography. To address this issue, observation-constrained storage volumes are derived where
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water saturation is only computed for grid boxes where firn aquifers have been observed. The corrected
storage amounts are 22.7 Gt for the IMAU-FDM and 158.2 Gt for SNOWPACK. The value simulated
by SNOWPACK is in the same range as an estimate of 140±20 Gt for 2013 [Koenig et al., 2014].
The large difference in the amount of liquid water stored in both models can be attributed to two factors:
(I) densification rates in areas with substantial amounts of refreezing are considerably higher in the
IMAU-FDM (Fig. 3.3d) and (II) the irreducible water content, which is larger in SNOWPACK. The
first factor is related to applying Eq. (3.1) to areas where refreezing causes a considerable amount of
latent heat release within the firn. This equation is derived by approximating the local temperature with
the mean annual surface temperature [Arthern et al., 2010] and hence likely overestimates densification
rates for locations where the vertically averaged firn temperature significantly exceeds the mean annual
surface temperature. This was confirmed by experiments where the steady-state solutions of Eq. (3.1)
was applied to firn aquifer areas with varying Tav . The comparably high densification rates in the IMAUFDM result in a shallow firn layer whose vertical extent is often too small to insulate liquid water from
the cold winter surface temperatures. If the vertical extent is large enough, the storage capacity is still
lower compared to SNOWPACK due to the smaller irreducible water content. The issue of firn aquifers
forming in the IMAU-FDM at too shallow depths was also discussed by Kuipers Munneke et al. [2014]
and the deficiency of modeling vertical preferential flow was mentioned as a possible explanation. It
seems however that the overestimation of densification rates in the IMAU-FDM in these areas also
largely contributes to this bias. Additionally, firn aquifer formation in SNOWPACK is favoured by the
near-surface thermal conductivity. In winter, mean snow densities over the topmost couple of metres
are lower than in the IMAU-FDM, implying lower values of heat conduction and hence less heat loss
to the atmosphere. During the melt season, thermal conductivity in SNOWPACK is larger than in
the IMAU-FDM because it is a function of the liquid water content, which is additionally higher in
SNOWPACK.
A more in-depth validation of the models based on in situ data is possible for location FA13, where a
firn core was extracted in April 2013 [Koenig et al., 2014]. As mentioned above, the high densification
rate in the IMAU-FDM results in a density profile reaching bare ice already at a depth of approximately
5 m (Fig. 3.8d). In this model, the formation of a perennial firn aquifer is thus not possible, as the overlaying snow/firn is not thick enough to insulate the seasonally occurring liquid water from refreezing
in winter. As a result, a relatively constant amount of surface melt is refrozen in the IMAU-FDM and
the excess water is running off (Fig. 3.8c). SNOWPACK on the other hand simulates the formation
of a perennial firn aquifer. At the start of the simulation period, the firn column is cold (not shown)
and provides enough pore space to refreeze all surface melt (Fig. 3.8a and 3.8c). In other words, the
Rliq/sol -value is not high enough for a firn aquifer to form. Towards the end of the simulation period,
this value increases until a firn aquifer appears in the warm summer of 2010 (Fig. 3.8b). Comparing
this modelled aquifer with the in situ observation of April 2013 yields a reasonable agreement in terms
of vertical liquid water extent; especially the depth of the water table is accurately simulated (within
∼2 m; Fig. 3.8d). Evaluating the density profile of SNOWPACK indicates two major discrepancies:
first of all, the model reveals a positive density bias in the uppermost 12 m. The temporal evolution
of volumetric ice content (Fig. 3.8a) shows that density recently increased due to enhanced refreezing
caused by an increase in the surface liquid input (Fig. 3.8c). This positive density bias might suggest
that near-surface refreezing is overestimated in SNOWPACK. In nature, part of the liquid water that refreezes in the model may percolate into the subjacent firn aquifer, a process that would also explain the
mismatch in the vertical extent of the modelled and observed aquifer. Position FA13 therefore appears
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Figure 3.8: Firn evolution between 1960 and 2014 for the modelled grid cell where firn core FA13
(39.04◦ W, 66.18◦ N, 1563 m a.s.l.) was extracted. The panels on the left show the temporal evolution
of the volumetric ice (a) and water content (b) and the mass fluxes (c). The panel on the right (d) shows
the density profiles of the models at the time when the firn core was retrieved. The shaded area indicates
the range of dry (only ice matrix) and wet (ice matrix with liquid water) firn density.

to be an interesting location to test a heterogeneous water percolation scheme. Secondly, SNOWPACK
seems to underestimate density in the deeper part of the core. This could be linked to the densification
scheme underestimating compaction rates at high overburden pressure and/or the underestimation of
the influence of liquid water on snow viscosity.
Modeling firn aquifers with the current, one-dimensional column models and model settings remains
challenging for several reasons: first of all, both models only allow for irreducible amounts of water
in the firn without considering full saturation due to water ponding on impermeable layers. However,
implementing this feature without allowance for subsurface lateral water flow would likely lead to
complete saturation of all available pore space at some locations, with the water table raising above the
firn surface. Secondly, the implemented approach of compacting layers that are depleted of pore space
and contain both ice and liquid water needs more detailed consideration. In our simulations, mean firn
temperatures below aquifers are mostly at the melting point as a result of the initial firn temperature and
the lower boundary condition for the heat equation (zero heat flux). Hence, the implemented approach
prevents the continuous accumulation of liquid water at greater depth in temperate firn. In reality, it is
likely that part of this liquid water refreezes as superimposed ice due to sub-zero temperatures either
caused by cold initial firn/ice or a downward-directed heat flux at the bottom of the model domain.
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However, these thermodynamic conditions, which co-determine the lower boundary of firn aquifers, are
poorly known. Thirdly, there are indications that the bucket scheme, at least when used in combination
with the irreducible water formulation by Coléou and Lesaffre [1998], is not able to transport water
efficiently enough to greater depths; hence an improved model should also allow for preferential flow.

3.3.4

Formation of ice layers

Figures 3.3b to 3.3f show that, when surface melt rates are sufficiently high, SNOWPACK simulates
thin annual melt-freeze crusts or ice lenses at the surface that are subsequently buried under winter
accumulation. These high-density layers are not simulated by the IMAU-FDM due to its coarser vertical resolution and less discriminating layer merging scheme. Modeling such sharp layer transitions is
important because their occurrence has been linked to meltwater ponding and subsequent piping events
[Marsh and Woo, 1984; Humphrey et al., 2012]. However, SNOWPACK likely overestimates the density of such layers with the SMB forcing mode, which was implemented to force both models with the
same mass fluxes at the upper boundary. In alpine conditions, SNOWPACK only generates melt-freeze
crusts but not actual ice layers at the surface during the melt season. Tests with running SNOWPACK
in the default mode generally reduce the formation of these high-density layers because the subsurface
temperature profile is allowed to exceed the melting point after solving the heat equation, which induces
melt in several layers. In the implemented SMB forcing mode however, melt is applied by subsequently
and completely melting layers from the top downwards (equal to the IMAU-FDM). This mode enhances
the formation of surface ice layers at locations that experience periodic amounts of melt, for instance the
day-night-cycle, and could hence be considered a model artefact. On the other hand, there are physical
interpretations that support the formation of surface ice lenses in polar conditions as (I) the snowpack
is generally cooler than the seasonal snowpack (higher refreezing capacity), (II) the surface energy loss
due to longwave radiative cooling at elevated surfaces is larger, and (III) the daily melt cycles are more
regular and persistent. Thin ice layers are also found in firn cores [Machguth et al., 2016], however there
are indications that such layers also form below the surface due to meltwater percolation [Humphrey
et al., 2012]. In the current SNOWPACK configuration, the model is relatively insensitive to thin, highdensity layers as the vertical water transport is simulated by the bucket scheme. Using more complex
schemes such as the recently implemented preferential flow scheme [Wever et al., 2016], which allows
downward water percolation in sub-freezing snow and is sensitive to marked layer transitions, would
require a more detailed study of this feature. A GrIS-wide evaluation of this phenomenon is currently
difficult due to the limited availability of firn cores with high vertical resolution.
Thicker ice layers, with a vertical extent of several metres, are simulated by both models, especially
after the extreme melt events in 2012. A cross-section of simulated firn density along a transect in west
Greenland for April 2014 is shown in Fig. 3.9. The IMAU-FDM, simulating higher densification rates
in regions with considerable amounts of refreezing, predicts continuous ice in the topmost 20 m until
an elevation of approximately 2000 m a.s.l. Higher up, an area where porous firn is covered by a thick
near-surface ice layer is simulated. SNOWPACK models this transition at a somewhat lower elevation
of ∼1850 m a.s.l., in spite of the higher irreducible water content. The radar-inferred observation
indicates a better agreement with SNOWPACK but suggest that this transition is located at an even
lower elevation. Additionally, both models overestimate the thickness of near-surface ice layers. This
is probably related to the neglecting of lateral runoff at the surface and the application of the bucket
scheme, which fills available pore space in a sequential top-down-mode.
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Figure 3.9: Firn cross-section along the transect (66.97◦ N / -47.50◦ E to 66.97◦ N / -45.21◦ E) for
April 2014. The upper two panels (a, b) show firn densities simulated by the models and the lower
panel (c) the relative power return measured by the Operation IceBridge Accumulation Radar. This
cross-section partially overlaps with the radar transect described in Machguth et al. [2016] and its
geographical extent is shown in Fig. 3.1.

3.4

Conclusions

Two numerical models, the IMAU-FDM, developed for coupling to an RCM, and SNOWPACK, developed as a stand-alone model, have been used offline to simulate firn evolution on the GrIS for the
period 1960 to 2014. Forcing was provided by three-hourly output of mass fluxes and skin temperature
from RACMO2.3. Model evaluation using observed density profiles indicates that the IMAU-FDM
slightly outperforms SNOWPACK for relatively cold and dry locations. For locations with intermediate ratios of liquid to solid mass inputs at the surface (Rliq/sol ), SNOWPACK performs better than
the IMAU-FDM. This is also true for locations where perennial firn aquifers form. For locations with
high Rliq/sol -values (> 0.6), both models overestimate near-surface density. This is either related to the
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snow/firn models deficiency to account for inhomogeneous vertical percolation and/or lateral surface
runoff or to inaccurate meteorological forcing.
Our evaluation suggests that areas where firn aquifers form exhibit the highest sensitivity to the model’s
parameterisation of liquid water retention (refreezing and perennial liquid water storage). Three factors
are thereby of major relevance: (I) The snow/firn densification rate determines the amount of available pore space for refreezing or liquid water storage. These rates are apparently overestimated in the
IMAU-FDM and more accurately simulated by SNOWPACK. It seems however that at least for location FA13, SNOWPACK underestimates densification rates at greater depths. Beside densification, the
prescribed values of irreducible water content (II) co-determine the amounts of retained meltwater. The
values prescribed in SNOWPACK are considerably higher than in the IMAU-FDM and are in better
agreement with observed values [Coléou and Lesaffre, 1998; Schneider and Jansson, 2004]. However,
it seems that SNOWPACK overestimates near-surface refreezing with these comparably high amounts
of prescribed irreducible water content – at least in combination with the bucket scheme. Finally, refreezing at the base of firn aquifers (and hence the formation of superimposed ice) is determined by the
thermodynamic conditions (III) at the base of the aquifers. These conditions are largely unknown and
it is probable that the models underestimate refreezing at the bottom of firn aquifers as temperatures
below are predominantly at the melting point in both simulations.
This study also indicates that SNOWPACK is a suitable tool to perform offline firn simulations for the
GrIS. Due to the dynamical layer merging, which was used in a more aggressive setting in this study,
it is feasible to perform multi-century long spin-up runs while maintaining thin heterogeneous layers,
which are crucial factors for preferential water flow. With the aggressive layer merging switched on,
the computational time is comparable to that required by the IMAU-FDM. Furthermore, SNOWPACK
also models microstructural snow properties and includes a recently implemented preferential flow
algorithm [Wever et al., 2016].
Considering the findings of this study, there are several processes that should be improved or included
in future large-scale numerical snow/firn models: first of all, the densification schemes of the models
should be further improved. Both schemes reveal inaccuracies under certain conditions. It would thus
be advantageous to have one formulation that is accurate for all climatic conditions and overburden
pressures on the GrIS. Further research should also focus on the influence of liquid water on snow viscosity, as there is currently no direct empirical evidence to support this link. However, the validation of
a densification scheme for locations with considerable amounts of surface melt remains challenging, as
density profiles evolve as a combination of compaction and mass gain due to refreezing. Secondly, tests
with impermeable layers could be conducted which are both relevant for saturated conditions within
firn aquifers and lateral surface runoff. However, the relationship between vertical water permeability
and ice layer thickness is, especially on the horizontal scale of a current regional climate model, rather
uncertain. The feature of ponding water conditions is already integrated in SNOWPACK and was tested
for superimposed ice formation on the Kongsvegen glacier in Svalbard [Obleitner and Lehning, 2004].
Furthermore, alternative (heterogeneous) vertical water percolation schemes should be tested as our
results indicate that SNOWPACK, and likely other models that compute the irreducible water content
according to Coléou and Lesaffre [1998], tend to overestimate near-surface liquid water retention and
subsequent refreezing. Finally, the fresh snow density parameterisation, which has a strong effect on
the availability of near-surface pore space for refreezing, should be further refined.
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4
The modelled Liquid Water
Balance of the Greenland Ice
Sheet
Summary
Recent studies indicate that the surface mass balance will dominate the Greenland Ice Sheet’s (GrIS)
contribution to 21st century sea level rise. Consequently, it is crucial to understand the Liquid Water
Balance (LWB) of the ice sheet and its response to increasing surface melt. We therefore analyse
a firn simulation conducted with SNOWPACK for the GrIS and over the period 1960–2014 with a
special focus on the LWB and refreezing. Evaluations of the simulated refreezing climate with GRACE
and firn temperature observations indicate a good model-observation agreement. Results of the LWB
analysis reveal a spatially uniform increase in surface melt (0.16 m w.e. a-1 ) during 1990–2014. As a
response, refreezing and runoff also indicate positive changes during this period (0.05 m w.e. a-1 and
0.11 m w.e. a-1 , respectively), where refreezing increases at only half the rate of runoff, implying that
the majority of the additional liquid input runs off the ice sheet. This pattern of refreeze and runoff is
spatially variable. For instance, in the southeastern part of the GrIS, most of the additional liquid input
is buffered in the firn layer due to relatively high snowfall rates. Modelled increase in refreezing leads
to a decrease in firn air content and to a substantial increase in near-surface firn temperature. On the
western side of the ice sheet, modelled firn temperature increases are highest in the lower accumulation
zone and are primarily caused by the exceptional melt season of 2012. On the eastern side, simulated
firn temperature increases are more gradual and are associated with the migration of firn aquifers to
higher elevations.

This chapter is based on: Steger, C. R., Reijmer, C. H., and van den Broeke, M. R. (2017), The modelled liquid
water balance of the Greenland Ice Sheet, The Cryosphere, 11(6), 2507–2526, 10.5194/tc-11-2507-2017.
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Introduction

The Mass Balance (MB) of the Greenland Ice Sheet (GrIS) has been negative since the early 1990s
[Van den Broeke et al., 2016]. In addition to increased ice discharge through the acceleration of marineterminating outlet glaciers, the ice sheet is losing mass through increased surface melt and associated
meltwater runoff. The latter process has recently become the dominant contributor to mass loss from
the ice sheet [Enderlin et al., 2014]. The increase in meltwater runoff and associated decrease in the
Surface Mass Balance (SMB) is attributed to processes on various spatial and temporal scales, such as
the polar amplification [Bekryaev et al., 2010] and the darkening of the GrIS [Tedesco et al., 2016].
Some of these processes are further promoted by the hypsometry of the ice sheet [Mikkelsen et al.,
2016; Van As et al., 2017]. An accurate quantification of the Liquid Water Balance (LWB) of the
ice sheet is important, as it determines how much of the liquid input at the surface ultimately reaches
the ocean and contributes to sea level rise. A key parameter of the LWB is meltwater storage in the
firn [Rennermalm et al., 2013a] by refreezing and liquid water retention. Previous studies suggest that
modelled refreezing strongly depends on the model formulation [Reijmer et al., 2012; Steger et al.,
2017b] and that it exhibits the largest inter-model variation of all SMB components [Vernon et al.,
2013]. Besides the instantaneous effect of retaining liquid water, refreezing also co-determines the
future potential of firn to absorb melt, as it reduces the porosity of the firn [Noël et al., 2017] and
releases large amounts of latent heat [Humphrey et al., 2012; Cox et al., 2015], which decreases the
firn’s cold content.
The hydrology of the GrIS is a complex system (Fig. 4.1), which involves various ill-constrained
processes. At the surface, liquid input is determined by rainfall, evaporation/condensation and melt.
In areas where the ice sheet is covered by snow and/or firn, liquid water is able to percolate vertically.
These snow/firn layers may act as a buffer for runoff if liquid water either refreezes [Harper et al., 2012]
or remains in its liquid state in perennial firn aquifers [Forster et al., 2014]. Such aquifers typically form
at locations with relatively high amounts of snow accumulation [Kuipers Munneke et al., 2014] and are
thus particularly abundant along the southeastern and northwestern margins of the ice sheet [Forster
et al., 2014; Miège et al., 2016]. A recent study [Poinar et al., 2017] revealed that some aquifers likely
drain into crevasses. To what degree the water refreezes there or reaches the bed of the ice sheet remains
largely unknown. Along the southwestern and northeastern margins of the ice sheet, firn aquifers are
less abundant. In these areas, percolating water typically refreezes in the firn or runs off over the ice
surface. A study by Machguth et al. [2016] suggests that horizontal ice layers could inhibit vertical
percolation and render underlying pore space inaccessible for liquid water. The water would hence be
forced to flow laterally above such obstacles - either as surface runoff or within the firn.
In the bare ice zone, hydrological processes are better understood: liquid water flows along surface
rivers and may accumulate in supraglacial lakes [Arnold et al., 2014] or enter the subglacial system via
moulins or crevasses. The amount of water stored in supraglacial lakes, which may be buried with snow
in winter and hence retain liquid water perennially, is thereby rather small compared to the magnitude
of supraglacial river fluxes [Smith et al., 2015; Koenig et al., 2015]. Liquid water flowing into moulins
or crevasses enters the en- and subglacial [Lewis and Smith, 2009; Lindbäck et al., 2015] hydrological
system of the ice sheet. Here, water may refreeze, accumulate in subglacial lakes or flow along channels
to the margins of the ice sheet. The relevance of en- and subglacial water storage is currently rather
uncertain. Rennermalm et al. [2013b] suggests that for a watershed in southwestern Greenland, up to
54 % of meltwater may be retained during one season. It is however possible that this residual is partly
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Figure 4.1: GrIS hydrology with the most relevant features and Liquid Water Balance components.

caused by uncertainties in, for example, watershed delineation [Rennermalm et al., 2013b] and interbasin piracy [Lindbäck et al., 2015]. A more recent study for a similar catchment yielded little evidence
for meltwater storage in en- and subglacial environments [Van As et al., 2017]. In short, the hydrology
of the GrIS represents a complex system of pathways that transport meltwater from the surface of the
ice sheet to the ocean [Chu, 2014].
In this study, we quantify the components of the LWB from the GrIS surface to the firn–ice transition,
using a state–of–the-art snow/firn model. The upper boundary conditions for the model are provided
by the regional atmospheric climate model RACMO2.3 [Noël et al., 2015]. Potential englacial (below
the firn–ice transition) and subglacial liquid water retention is not considered as we only model the
upper part of the ice sheet (∼40–200 m). The primary goal is to quantify the spatial magnitude of
the LWB components and assess how these mass fluxes evolved over the last decades. We evaluate
the spatial and seasonal occurrence of refreezing and the impact of this process on firn density and
temperature. Finally, we analyse how the horizontal extent of firn aquifers, which act as perennial
storage for liquid water, evolves with time. The following section provides a brief description of the
model and the observational data used in this study. Subsequently, we discuss the comparison of model
output with remote sensing data from the Gravity Recovery and Climate Experiment (GRACE) and in
situ measurements (firn temperatures). Section 4.4 contains the results of the LWB evaluation and a
more detailed analysis of refreezing, runoff and changes in different firn properties.
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Definitions, model and data
Definitions

In this study, we investigate the LWB of the upper part of the ice sheet, namely the snow/firn layer.
This layer ranges from the surface down to the firn–ice transition, usually defined at the density of
830 kg m-3 . If percolating water reaches the bottom of the model domain, it is considered to leave the
ice sheet as runoff. Potential en- and subglacial storage of liquid water at greater depth is neglected.
The LWB of the firn layer is defined as
dMret
= RA − EV + ME − RF − RU,
dt

(4.1)

where Mret is the retained liquid mass, RA, EV and ME are surface mass fluxes of rainfall, evaporation/condensation and meltwater, respectively, RF is internal refreezing and RU is runoff at the bottom
of the model domain. In this study, the term evaporation refers to phase changes of water from liquid to
gaseous (evaporation) and vice versa (condensation). The SMB used in this study equals the Climatic
Mass Balance [Cogley et al., 2011]; i.e. it includes subsurface processes of liquid water retention and
refreezing, and is defined as

4

SMB = RA + SN − EV − SU + SD − RU,

(4.2)

where SN is snowfall, SU sublimation (and deposition) and SD deposition or erosion by snow drift. The
SMB is linked to the LWB through the components rainfall, evaporation and runoff. The Greenland MB
derived to validate the modelled SMB with GRACE data is defined as
MB = SMBGrIS + SMBGICs − D +

dMts
,
dt

(4.3)

where SMBGrIS and SMBGICs are the SMB of the GrIS and Greenland’s peripheral Glaciers and Ice
Caps (GICs), D is ice discharge across the grounding line from marine-terminating glaciers and Mts is
the tundra snow mass.

4.2.2

Model data

Snow/firn on the GrIS and the peripheral GICs is modelled with SNOWPACK (version 3.30). SNOWPACK has been applied in several studies [Groot Zwaaftink et al., 2013; Van Tricht et al., 2016; Steger
et al., 2017b] to simulate snow and firn in polar regions. The model contains an overburden-dependent
densification scheme and simulates the evolution of different microstructural snow properties, which are
linked to thermal and mechanical snow quantities [Bartelt and Lehning, 2002; Lehning et al., 2002b,a].
We run SNOWPACK on an 11 km horizontal grid and with the same ice mask (Fig. 4.2) as used in
the regional atmospheric climate model RACMO2.3 [Noël et al., 2015]. At the snow–atmosphere interface, SNOWPACK is forced with mass fluxes (precipitation, evaporation/sublimation, snow drift and
surface melt) and with skin temperature from RACMO2.3. Skin temperature is the temperature of an
infinitesimally thin layer without heat capacity and is representative of surface temperature. The capability of RACMO2.3 to accurately simulate present-day surface climate on the GrIS was illustrated
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Figure 4.2: Map of Greenland with RACMO2.3 topography (500 m elevation contours as dashed
lines) and land surface mask. Thin solid lines delineate eight drainage basins according to Zwally et al.
[2012] and the connected circles indicate the locations of firn temperature measurements (red) and the
defined southern GrIS transect (orange).
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in an extensive evaluation by Noël et al. [2015]. Vertical water percolation is simulated with a bucket
scheme [Bartelt and Lehning, 2002; Wever et al., 2014] and the irreducible water content follows the
formulation of Coléou and Lesaffre [1998]. We do not consider heterogeneous percolation [Wever
et al., 2016; Marchenko et al., 2017] in our simulation due to an insufficient spatial coverage of observational data to calibrate such routines for the entire ice sheet and/or the too-expensive computational
demand. Neglecting heterogeneous percolation causes refreezing to occur mostly in the upper snowpack, where temperature and porosity are determined by the recent climate. Lateral flow of runoff is
also not considered in our simulation. Fresh snow density is prescribed with an empirical parameterisation that depends on mean annual surface temperature [Kuipers Munneke et al., 2015]. The enhanced
near-surface snow compaction due to strong winds, which is implemented in SNOWPACK for Antarctic simulations [Groot Zwaaftink et al., 2013], is switched off, because the applied fresh snow density
parameterisation already accounts for this effect. A more detailed description of the model setup and
the applied spin-up procedure is stated in Steger et al. [2017b], where the same SNOWPACK run was
used.

4.2.3

4

Observational data

To derive a MB for Greenland, we use ice discharge data from Enderlin et al. [2014] and a GRACE
gravity field solution for Greenland [Groh and Horwath, 2016]. The ice discharge data contain annual
estimates of ice discharge from 178 marine-terminating glaciers wider than 1 km and are available for
the period 2002–2012. Following Van den Broeke et al. [2016], we neglect seasonal variations in ice
discharge and assume that all intra-annual variation in the MB is induced by components of the SMB or
by tundra snow. The applied GRACE data are based on the monthly GRACE solution ITSG-Grace2016
[Mayer-Gürr et al., 2016] and is available between mid-2002 and mid-2016. We computed the MB for
the overlapping period 2003–2012 where data are available from all sources throughout the year.
We use firn temperatures that were recorded along a 2700 km transect in northwest Greenland (Fig. 4.2),
referred to as the NW GrIS transect, to evaluate our simulation. Shallow borehole temperature measurements were conducted at 14 sites between 1952 and 1955 [Benson, 1962] and repeated in 2013
[Polashenski et al., 2014]. The former measurements were taken at a range of 3 to 16.75 m depth
(predominantly at 8 m) and were corrected for seasonal influences to obtain an intercomparable, mean
annual 10 m temperature. The measurements in 2013 were recorded at a depth between 5 and 12 m
(mainly at 8.5–12 m) and were corrected with the same methodology [Polashenski et al., 2014].

4.3

Model evaluations

Although modelled refreezing cannot directly be evaluated with observations, Steger et al. [2017b]
made a comprehensive assessment of modelled firn density, which is the combined result of dry compaction and refreezing. Results show a reasonable performance of SNOWPACK but a general overestimation of densities in the percolation zone. This bias is likely the result of overestimated near-surface
refreezing caused by neglecting heterogeneous water percolation, an overestimation of fresh snow density and/or errors in the atmospheric forcing [Steger et al., 2017b]. In this study, we use additional
observations to evaluate the ability of SNOWPACK forced by RACMO2.3 to simulate the LWB and
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particularly the refreezing climate of the GrIS. Due to the lack of direct refreezing observations, we
assess the model’s performance in terms of refreezing indirectly by comparing the modelled spatially
integrated SMB and local snow/firn temperatures to the observations.

4.3.1

Model evaluation using GRACE

Due to the large footprint of GRACE, the signal also contains mass variations from Greenland’s peripheral GICs and from tundra hydrology; primarily from seasonal snow cover. These signals are thus
included in Greenland’s MB as explained in Sect. 4.2.1. Tundra snow cover is not simulated by SNOWPACK but the signal is taken from RACMO2.3 output. In RACMO2.3, seasonal snow is simulated with
a single-layer model that does not allow for refreezing and liquid water retention in the snow [Van den
Broeke et al., 2016]. All surface melt is hence immediately transferred to runoff.
A comparison between the derived cumulative MB and GRACE is provided in Fig. 4.3a. The MB
is computed by taking the simulated SMB over the glaciated area either from RACMO2.3 or SNOWPACK. Both cumulative MBs indicate an excellent agreement with GRACE (R2 > 0.99). In terms of
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Figure 4.3: GRACE time series and cumulative MB (SMB of glaciated area from RACMO2.3 or
SNOWPACK) (a) and detrended seasonal means of these series (b). The detrended seasonal mean of
the tundra snow cover, simulated by RACMO2.3, is also shown. The inset in (a) provides linear trends
and the inset in (b) provides seasonal amplitudes of the time series.

linear trends, SNOWPACK agrees better with GRACE due to higher modelled refreezing fractions and
thus lower amounts of runoff from the ice sheet. The detrended mean seasonal cycles (Fig. 4.3b) indicate a good agreement in winter and spring, when changes in cumulative SMB are mainly caused
by accumulation of solid precipitation on the glaciated area and the tundra. From May onwards, the
derived MBs show an earlier and steeper decrease compared to the GRACE signal. The minima in
the MBs occur both earlier and with higher magnitudes than in GRACE, where SNOWPACK performs
slightly better due to smaller amounts of modelled runoff. These findings are consistent with earlier
studies [Van Angelen et al., 2014; Alexander et al., 2016], in which the average seasonal cycle of the
MB and GRACE were compared. A likely contributor to this mismatch is the neglect of the time it
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takes runoff to reach the ocean. Van Angelen et al. [2014] demonstrated that the monthly error between detrended modelled SMB and GRACE on a GrIS-wide scale could be minimised by delaying
simulated runoff by 18 days. A study for a catchment in southwestern Greenland revealed that transit
times up to 10 days are required to align the modelled surface runoff and observed river hydrograph
optimally [Van As et al., 2017].

4

Another uncertainty arises from modelled tundra snow cover and tundra hydrology. The mean seasonal
amplitudes of the detrended modelled MBs originate ∼30 % from winter accumulation and summer
melting of seasonal snow over the tundra (Fig. 4.3b). A too-early snow ablation in the tundra could
hence also contribute to the bias between MBs and GRACE. This assumption is supported by a comparison of the simulated snow cover fraction (SCF) with Moderate Resolution Imaging Spectroradiometer
snow cover data [Hall and Riggs, 2016], which revealed a too-early decrease in modelled SCF in most
basins (not shown). Potential causes for this bias are the neglect of refreezing and liquid water retention
in the relatively simple RACMO2.3 snow model and the poor representation of tundra topography at a
horizontal resolution of 11 km. Additionally, heterogeneous snow distribution on a subgrid scale could
also contribute to the bias [Aas et al., 2017]. Finally, runoff may also be retained in the hydrological
system of the tundra by refreezing in soil, ponding on frozen ground [Johansson et al., 2015], accumulating in surface lakes [Mielko and Woo, 2006] and storage in terrestrial aquifers. All these processes
are currently not represented in our model framework.

4.3.2

Model evaluation with firn temperature measurements

ERA40 reanalysis data, which force SNOWPACK via RACMO2.3, are available from 1958 onwards.
SNOWPACK output is therefore not available for the years 1952–1955, when the first firn temperature data set along the NW GrIS transect was collected. We assume, however, little change between
the 1952 and 1955 observed temperatures and compare them to modelled firn temperatures from 1960,
after model spin-up has moderated. We coincidently compare the 2013 temperature observations to
modelled data. Figure 4.4 shows that SNOWPACK forced by RACMO2.3 slightly overestimates firn
temperatures in the higher elevations of the NW GrIS transect for both periods. For the earlier period,
this bias may be partly caused by the spin-up procedure of the model, where the model is looped over
the reference period (1960–1979) to generate the initial firn profile [Steger et al., 2017b]. This means
that surface temperature evolutions before this reference period are not considered. The bias for the
later period is more difficult to explain in the absence of continuous firn temperature measurements and
firn density records. The spatially incoherent firn temperature change (between B 4-225 and B 4-000)
in the observations is not reproduced by SNOWPACK, which simulates a uniform temperature increase
of ∼0.3◦ . This incoherency in the observations may be partly explained by uncertainties in the measurements caused by errors in the sensor calibration and uncertainties in the applied correction used to
retrieve 10 m firn temperature from shallower measurements [Polashenski et al., 2014].
Between locations B 2-175 and B 2-070, there is a ∼1.6–2.7◦ C warming in the observations between
1952–1955 and 2013, likely caused by latent heat release due to refreezing. This temperature increase
is larger than the modelled, spatially rather uniform warming of ∼0.5◦ C. Possible explanations for this
bias are the underestimation of meltwater production at the surface or a too-shallow refreezing depth,
which enables the released heat to be conducted upwards to the surface and escape to the atmosphere
through emission of longwave radiation. In SNOWPACK, percolating water is not allowed to pass
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Figure 4.4: Observed and modelled firn temperatures (at 10 m depth) along the NW GrIS transect
(Fig. 4.2). Bars represent RACMO2.3 solid (snowfall, sublimation and snow drift) and liquid (rainfall
and snowmelt) surface inputs.

unhindered through layers with refreezing capacity, where in reality, liquid water may move to greater
depth through heterogeneous percolation [Humphrey et al., 2012; Marchenko et al., 2017]. At site
B 1-010, SNOWPACK simulates a local maximum in firn warming, in agreement with observations.
Here, RACMO2.3 simulates a doubling of the liquid water input between the two periods considered.
However, the magnitude of warming in SNOWPACK is somewhat smaller (4.1◦ vs. 5.7◦ C), which
may again be linked to the neglect of heterogeneous percolation. Along the entire transect, modelled
increases in solid precipitation are spatially rather uniform and small (∼0.02 m w.e. a−1 ), and, therefore,
likely less relevant for explaining changes in firn temperature.
Other snow/firn temperature records are available from the Greenland Climate Network (GC-Net; Steffen and Box, 2001) and for the western percolation zone [Humphrey et al., 2012; Charalampidis et al.,
2016]. The latter two data sets, which cover the periods 2007–2009 and 2009–2013, also indicate substantial warming of the upper ∼10 m firn caused by latent heat release from refreezing. Firn simulations
with the Institute for Marine and Atmospheric Research Utrecht Firn Densification Model (IMAUFDM; Kuipers Munneke et al., 2015) and SNOWPACK [Steger et al., 2017b], forced by RACMO2.3,
do not reproduce the strong warming observed at these locations. The reason is the overestimation of
the bare ice zone on the western GrIS by the IMAU-FDM and SNOWPACK; i.e. the models are incapable of simulating the subsurface warming due to a deficiency of pore space for refreezing. Compared
to IMAU-FDM, the overestimation of this zone is less pronounced in SNOWPACK owing to a different densification scheme, which is more accurate for relatively warm conditions [Steger et al., 2017b].
Inferring the exact extent of the bare ice zone from remote sensing data, by using the different spectral
surface properties of snow and ice, is complicated by the formation of near-surface ice layer [Machguth
et al., 2016] above porous firn. At higher elevations in western Greenland, SNOWPACK does simulate
a pronounced warming of the firn layer. Unfortunately, the subsurface temperature data recorded at
GC-Net stations located in this area (DYE-2, Crawford Point 1 & 2 and GITS) suffer from large data
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gaps and/or unphysical high-frequency fluctuations caused by sensor deterioration (K. Steffen, personal
communication, 2017). The data are thus of insufficient quality to verify these changes.

4

To address the above-mentioned model bias in overestimating the bare ice zone, we briefly assessed
fresh snow density, which is a rather uncertain factor in our simulation. The empirical relation from
Kuipers Munneke et al. [2015], which we use to obtain this quantity, was derived with samples from the
dry snow zone and is subsequently extrapolated to lower elevations on the ice sheet. Snow/firn density
profiles from a transect on the western GrIS [Harper et al., 2012] allow a comparison between observed
and modelled near-surface densities: averaging over the upper 50 cm and all samples yields a value of
∼345 kg m-3 for April (i.e. before the onset of seasonal surface melt). For these locations, our fresh
snow density parameterisation returns a mean density of ∼405 kg m-3 . The parameterisation, which
accounts for near-surface densification due to wind and vapour fluxes, clearly overestimates fresh snow
density for this region. A comparison of our fresh snow density parameterisation with near-surface
snow density samples obtained on the northern GrIS and for spring [Koenig et al., 2016] supports the
assumption that the applied parameterisation yields too-high densities for comparably warm climate
conditions (not shown). To test SNOWPACK’s sensitivity to initial snow densities, an experiment with
a lower, spatially uniform fresh snow density of 320 kg m-3 was carried out for the western GrIS
transect. The selected initial density is comparable to what the recently published parameterisation
of Langen et al. [2017] yields for this transect. With this model setting, the mismatch between the
observed and modelled bare ice zone extent (and thus the firm warning) was reduced for this specific
region (not shown). This model inaccuracy should be addressed in future by testing available or newly
derived fresh snow density parameterisations with SNOWPACK for various climate conditions on the
GrIS.

4.4

Climatology of the Liquid Water Balance

The evaluations of mass changes and firn temperatures with observations presented in the previous sections inspire sufficient confidence to use SNOWPACK firn data for a description of the LWB of the
GrIS. First, we discuss the mean fields and temporal evolution of the LWB components during the simulation period (1960–2014). Subsequently, refreezing, one of the key components of the balance, and
its dependency and influence on firn density and temperature is discussed. And finally, we analyse the
temporal evolution of perennial firn aquifer extent and the partitioning of runoff from ice and snow/firn.

4.4.1

The Liquid Water Balance

Figure 4.5 shows the temporally averaged (1960–2014) LWB components for the GrIS and the peripheral GICs. Mean fluxes of rainfall and evaporation are typically at least one order of magnitude smaller
than melt, runoff and refreezing. Changes in the retained liquid mass (dMret /dt) are even smaller than
components on the right-hand side of Eq. (4.1), particularly when integrated over basins, and are thus
not presented. Rainfall rates are particularly significant along the southern margin of the ice sheet and
in the western ablation zone. For the northeastern part of the GrIS, the contribution of rainfall to the
LWB is small and liquid water input at the surface is dominated by melt. The highest melt rates on
the GrIS occur along the western ablation zone with a maximum of 129 Gt a-1 for Basin 6. The mean
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Figure 4.5: Components of the liquid water balance (LWB) for the glaciated area of Greenland averaged over 1960–2014 (a–e). Panel (f) shows refreezing as a fraction of liquid input (rainfall, melt and
evaporation). Numbers represent basin-integrated values (excluding peripheral GICs) and the value in
the lower right denotes the sum/average for the GrIS. The solid black line marks the mean position of
the equilibrium line.
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spatial runoff pattern is comparable to the one of melt but attenuated by the buffering effect of refreezing. Runoff also peaks in Basin 6 with a value of 85 Gt a-1 , which accounts for a third of the total
GrIS runoff. Averaged over the entire ice sheet, SNOWPACK simulates that almost half (47 %) of the
liquid water input at the surface refreezes in snow or firn. This fraction has a high spatial variability
and is relatively low for the northeastern basins and for Basin 6, where precipitation is low and bare ice
extent relatively large. As a result, refreezing rates in these regions peak more inland in the lower accumulation zone just above the equilibrium line. Refreezing in the ablation zone is, in terms of absolute
liquid water retention, only relevant on intra-annual scales. The highest overall refreezing fractions, up
to 75 %, are modelled along the wet southeastern margin of the ice sheet (Basin 4).

4

Time series of the four most relevant LWB components (melt, runoff, refreezing and rainfall) for the
eight basins show no distinctive trends for the first half of the simulation period (1960–1989), but
do exhibit large interannual variability, particularly for surface melt (Fig. 4.6). For the second half
(1990–2014), however, there is a statistically significant increase in melt in all basins (Table 4.1). Temporal changes are particularly large for Basin 5 and 6, where melt increases by 0.36 m w.e. a-1 and
0.38 m w.e. a-1 , respectively. The dominant cause for these large changes is the comparably high increase in melt in the ablation area of the GrIS, especially in the southwest. Modelled snow melt in
the ablation zone is particularly sensitive to temperature increases due to the albedo difference between
snow and ice, where bare ice with a lower albedo is more rapidly exposed through accelerated melting of snow. The lowered surface albedo subsequently enhances melt of bare ice. A secondary cause
Table 4.1: Linear trends (1990–2014) in components of the Liquid Water Balance [mm w.e. a-2 ] and
in the refreezing fraction [% a-1 ] for the GrIS and the eight basins. Statistically insignificant trends
(using a significance level of 0.05) are marked by an asterisk.

GrIS
Basin 1
Basin 2
Basin 3
Basin 4
Basin 5
Basin 6
Basin 7
Basin 8

Melt

Rainfall

Runoff

Refreezing

Refreezing fraction

6.50
5.79
2.81
3.99
6.70
14.22
15.37
5.69
6.77

0.22*
0.08*
0.01*
0.09*
0.09*
1.22*
0.43*
0.11*
0.56

4.59
4.75
2.05
2.29
1.99
11.55
12.28
3.14
5.46

2.09
1.09*
0.73*
1.74*
4.67
3.88*
3.48*
2.59
1.85

-0.34
-0.33
-0.22*
-0.23*
-0.05*
-0.31*
-0.33*
-0.13*
-0.63

is the relatively flat hypsometry of these basins, where 58 % and 47 % of the area is below 2000 m
a.s.l. (compared to 39 % for the GrIS). Rainfall, as a further contributor to liquid input, does not exhibit a significant trend for the majority of the basins. Linear trends are comparably high for Basin
5 (1.22 mm w.e. a-2 ) and Basin 6 (0.43 mm w.e. a-2 ) but statistically insignificant. Remarkably, the
northwestern Basin 8 is the only region with a significant positive trend in rainfall of 0.56 mm w.e. a-2 .
This increase is not caused by a significant change in total precipitation but by a significant increase
of the rainfall fraction in this area. For all basins, melt rates peak in 2012 when the GrIS experienced
unprecedented surface melt both in spatial extent [Nghiem et al., 2012] and magnitude. The exposure
of relatively high-elevated regions with cold and porous firn to surface melt is the main reason that
refreezing also peaks in all basins during this year. In response to the positive trends in melt, runoff also
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Figure 4.6: Time series of the Liquid Water Balance components for the GrIS (top) and the eight
basins. Note the different vertical scales. Refreezing fractions in grey represent values between 0 and
100 %.
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exhibits a significant increase in all basins between 1990 and 2014 (Table 4.1). The increase in runoff
accounts in most basins for more than half of the increase in melt (∼55–80 %); i.e. most of the additional melt is not stored in the firn layer but is running off the ice sheet. As for melt, the southwestern
Basins, 5 and 6, show the strongest increase per area. An exception is Basin 4, where runoff increases
with only ∼30 % the rate of melt. In terms of refreezing and refreezing fraction, the response of the
basins to increased surface melt is spatially less uniform: the majority of the basins do not indicate a
significant trend in refreezing. This means that, for example, in Basins 1 and 2, most of the additional
melt is not absorbed in the firn but runs off, similar to what happens to northern ice caps not connected
to the main ice sheet [Noël et al., 2017]. Basin 4, which has the highest overall mean refreezing fraction
(75 %), is an exception. Refreezing in this basin shows a distinctive positive trend. This is linked to
the high amounts of solid precipitation in this basin, which provide enough pore space to absorb the
increase in surface melt. Refreezing is also significantly increasing in the northwestern Basins 7 and
8 but with a lower trend than runoff. Significant trends in the refreezing fraction are only apparent in
Basin 1 and particularly in Basin 8, where the fraction decreases by ∼16 % in 25 years.

4

For the entire GrIS, melt, runoff and refreezing indicate significant positive trends between 1990 and
2014. The increase in runoff is roughly twice that of refreezing, which leads to a significant decrease in
the GrIS-integrated refreezing fraction of ∼9 % over the 25 years (Table 4.1). The different responses
of the eight basins to increasing surface melt are related to refreezing, which in turn is linked to firn
porosity and temperature.

4.4.2

Refreezing and latent heat release

Refreezing is a process that strongly depends on local climate, particularly on surface temperature,
which is the main driver for melt, and therewith on seasonality and elevation (Fig. 4.7). At the beginning
of the melt season, modelled refreezing primarily occurs in the lower parts of the ice sheet, where the
melt onset is earliest and meltwater percolates into the cold winter snow layer. For Basin 3–7, low-level
refreezing peaks in mid- to late May while for the northern Basins, 1, 2 and 8, the maximum occurs
in mid-June. During the course of the melt season, the lower regions are gradually depleted of pore
space or cold content and the area of peak refreezing moves upward. For the majority of the basins
(e.g. Basin 1, 2 and 7), the availability of pore space is the limiting factor for refreezing at lower
elevations (Fig. 4.7). Particularly for Basin 4 and 5, however, this is not the case. In these basins,
refreezing at lower elevations persists throughout the melt season but with lower rates than in spring
due to a gradual decrease in the firn cold content. Even if the entire firn column has become temperate,
modelled refreezing persists due to the diurnal temperature cycle, which periodically refreshes the nearsurface cold content during night. This underlines the importance of using atmospheric forcing data
that resolve variations on subdaily timescales. Peak refreezing rates pass the equilibrium line altitude
in June for western Basins, 6–8, and in July for northern Basins, 1 and 2. For Basins 3–5, it is not
possible to define a mean equilibrium line altitude because these basins have a very narrow ablation
zone and at 11 km resolution, many model grid cells close to sea level have a positive SMB due to
high accumulation rates. In July, peak refreezing moves beyond the runoff line in all basins. Basins
4 and 5 reveal a percolation zone that stretches over a relatively large vertical extent, with substantial
refreezing as high as 500–750 m above the modelled runoff line. A further notable feature of refreezing
is its seasonal asymmetry in comparison to melt (Fig. 4.7). Melt peaks in July in all basins and the
seasonal increase and decrease are rather symmetric around this maximum. Refreezing, on the other
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Figure 4.7: Mean 1960–2014 refreezing as a function of season and elevation. Each cell represents
a 7.5-day period and a 100 m elevation bin. Surface melt aggregated with the same method is shown
as dashed contour lines and the mean equilibrium line altitude and the elevation of the runoff line are
indicated as solid and dashed lines, respectively. The red line displays the elevation bin-averaged firn
air content of the upper 40 m.
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hand, peaks at the beginning of the melt season in all basins and at all elevations. As mentioned above,
this is mainly caused by the decrease in either pore space or cold content during the melt season. A
similar feature was found by Cullather et al. [2016] in the regional climate model MAR, when seasonal
runoff is plotted as a function of melt area. Runoff was thereby found to be higher in the second half of
the melt season. As Cullather et al. [2016] states, this is an important finding for refreezing or runoff
parameterisations that do not take seasonality into account.
Refreezing rates increase in all basins during 1990–2014 (Fig. 4.6), but not always at a significant level
(Table 4.1). Generally, increases in refreezing are restricted to elevations above 1000 m a.s.l. in all
regions (Fig. 4.8a). The peak of this increase is around 1500 m a.s.l. for the northern Basins 1, 2 and
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Figure 4.8: Temporal changes in refreezing (a), firn air content (b), firn temperature (averaged over
2–10 m depth) (c) and surface temperature (d) in 100 m elevation bins. The differences represent the
1990–2014 average minus the 1960–1989 average.

8 and at higher elevations for the more southerly located regions. This increase is primarily caused by
a gradual expansion of the melt area to higher elevations, which causes melt and refreezing to occur
in formerly dry snow/firn. The increase in refreezing induces both a corresponding decrease in the
modelled firn air content (Fig. 4.8b) and an increase in firn temperature (up to 4◦ C; Fig. 4.8c) due
to latent heat release. Particularly for Basins 4 and 5, firn air content also decreases in areas below
1000 m a.s.l. This reduction is not related to changes in refreezing, but rather caused by increases of
melt and the subsequent transformation of formerly porous firn to bare ice. In contrast to other basins,
Basin 2 reveals a relatively constant firn temperature increase at lower elevations. This increase is
not only caused by the rather small increase in refreezing and the associated latent heat release but
also by an enhanced vertical heat flux from the surface through an increase in surface temperature
(Fig. 4.8d). Surface temperatures changes show a distinct spatial variability, with the largest increases
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occurring in the northeastern part of the ice sheet, where temperature increases by more than 1.5◦ C.
The exceptional melt season of 2012 has an even stronger influence on firn temperatures according
to our model simulation: Fig. 4.9a shows the corresponding refreezing anomaly for this year and

4

Figure 4.9: Refreezing anomaly of 2012 with reference period 1990–2014 (a) and firn temperature
(average over 2–10 m depth) difference between 2011 and 2013 (b). The black line indicates the position
of the equilibrium line for the reference period and the black dot the location of station KAN_U.

Fig. 4.9b the resulting increase in firn temperature. Almost the entire ice sheet experienced exceptional
refreezing rates above the equilibrium line, particularly in the southern area of the GrIS where refreezing
anomalies up to +0.8 m w.e. a-1 are modelled. The increase in firn temperature largely reflects the
refreezing anomaly, with the strongest warming (6◦ C and higher) being modelled in the southwestern
percolation zone of the ice sheet. Unfortunately, no observational data are available to confirm the
pronounced warming. The closest available record is from the KAN_U automatic weather station of
the Greenland Analogue Project (GAP) and the Programme for Monitoring of the Greenland Ice Sheet
(PROMICE), which is located in the lower accumulation zone of Basin 6. There, firn temperature
increased by approximately 4.7◦ C during 2012 [Charalampidis et al., 2016]. To discuss changes in
the vertical firn properties over the simulation period in more detail, we present cross sections of firn
density, temperature and volumetric water content along a southern GrIS transect (Fig. 4.2) for the
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beginning of the simulation period (April 1960; Fig. 4.10) and as relative changes for the end (April
2014; Fig. 4.11). In 1960, the transition from bare ice to porous firn is modelled around station KAN_U
on the western side of the ice sheet. On the eastern side, no bare ice zone has formed due to the locally
high accumulation rates. Increasing accumulation rates from west to east induce the downward bending
of high-density layers east of the ice sheet divide (Fig. 4.10a). The larger amount of pore space on the
eastern side permits larger refreezing fractions, which leads, through release of latent heat, to temperate
firn conditions close to the ice sheet margin and to the formation of a firn aquifers (Fig. 4.10c).

4

Figure 4.10: Modelled firn properties of the upper 40 m along the southern GrIS transect (Fig. 4.2)
in April 1960 (a–c). The vertical black line marks the location of station KAN_U.

During the 55 years of the simulation, the firn layer along this transect experienced some distinctive
changes: near-surface density increased both on the eastern and western side of the ice sheet (Fig. 4.11a)
with a shift of the transition between bare ice and porous firn to higher elevations on the western side.
For 2012, SNOWPACK simulates a bare ice profile for KAN_U while a retrieved density profile for this
year revealed layers with porous firn [Charalampidis et al., 2016]. A potential cause for this overestimation in firn density is discussed in Sect. 4.3.2. Modelled firn temperature increased substantially on both
sides of the GrIS but with different patterns (Fig. 4.11b). In the west, 15 m firn temperature in the percolation zone is relatively stable until 2010 and abruptly increases afterwards by ∼10◦ C, particularly
due to the exceptional melt season of 2012. Refreezing during this year induces a substantial warming
of the firn down to a depth of 40 m. On the eastern side, the initial 15m firn temperature is higher by
∼5◦ C and the simulated warming of the firn is more gradual. A major reason for the less pronounced
and shallower firn temperature increase on the eastern side of the ice sheet is the temporal distribution
of liquid input in 2012 (inset panel Fig. 4.11c). On the eastern side, liquid input at the surface is rather
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Figure 4.11: Modelled firn property changes of the upper 40 m along the southern GrIS transect
(Fig. 4.2) between April 1960 and April 2014 (a–c). The vertical black line marks the location of station
KAN_U and the grey-shaded area indicates the horizontal extent of observed firn aquifers between 2010
and 2014 [Miège et al., 2016]. The inset panel in (b) shows the temporal evolution of firn temperature at
the two indicated locations. The inset panel in (c) shows daily mass fluxes of liquid input and refreezing
in summer 2012 for these locations.

evenly distributed throughout the melt season. On the western side, there are several distinctive peaks
with liquid input up to ∼40 mm w.e. day-1 . These high fluxes, together with the fact that percolating
water is able to bypass layers without pore space in our model, cause the relatively deep maximum in
firn warming.

4.4.3

Firn aquifer

In accordance with Steger et al. [2017b], we classify any firn with a vertically integrated liquid water
content of more than 200 kg m-2 in April as an aquifer, irrespective of water saturation. This is necessary because our model is not able to simulate saturated conditions in the used configuration due to
the neglect of impermeable layers. Introducing saturated conditions in SNOWPACK would require a
definition of the pore space fraction available for liquid water storage. This quantity is rather uncertain
and is assumed to be in the range of 40 % [Jansson et al., 2003] to 100 % [Koenig et al., 2014]. The
above-mentioned threshold for firn aquifer delineation is based on a sensitivity estimation of the NASA
Operation IceBridge accumulation radar to detect liquid water in firn [Miège et al., 2016].
The eastern part of the southern GrIS transect crosses the region where perennial firn aquifers were
discovered by in situ observations in 2011 [Forster et al., 2014] and mapped from radar measurements

4

70

4. GrIS Liquid Water Balance

for 2010–2014 [Miège et al., 2016]. The grey-shaded area in Fig. 4.11 indicates the horizontal extent
of these mapped aquifers. The combination of RACMO2.3 and SNOWPACK underestimates the the
upper limit of the firn aquifer’s horizontal extent by approximately 50 m in elevation if one assumes
only small changes in aquifer extent between 2010 and 2014. A brief sensitivity test of SNOWPACK
with a lower fresh snow density, as described in Sect. 4.3.2, yields a firn aquifer that reaches higher
elevations and thus reduces the mismatch (not shown). The reason for this improvement is that the lower
near-surface firn density reduces the conductive heat loss of the aquifer to the atmosphere in winter. At
lower elevations, SNOWPACK simulates a larger horizontal extent of the aquifer than inferred from
radar data (Fig. 4.10 and 4.11). Apart from model uncertainties, this disagreement may be caused by
different criteria used to delineate firn aquifers, where radar-derived mapping relies on the detection of a
water table. The realisation of such a table may be prevented in this area by drainage of the aquifer into
crevasses, where water either refreezes or enters the subglacial drainage system [Poinar et al., 2017].

4

Observations of the vertical extent of firn aquifers in this region return an average depth of 16.2 m for
the water table and 27.7 m for the aquifer base [Montgomery et al., 2017]. Comparing the depth of the
modelled firn-aquifer top to observations is difficult, because observations derived from radar measurements return the depth of the water table and not the transition from dry to wet (but unsaturated) firn.
The depth of the water table may roughly be in line with our simulations (Fig. 4.10 and 4.11), if an unsaturated wet layer between the aquifer top and the dry firn is assumed. The depth of the modelled firn
aquifer base is clearly overestimated (> 40 m). This mismatch is likely related to a positive temperature
bias of the deeper firn in our simulation [Steger et al., 2017b]. Observations indicate that refreezing
conditions typically prevail at the base of aquifers [Montgomery et al., 2017] and thus suggest initialising deeper firn with lower temperatures and the application of a of downward-directed heat flux at
the bottom of the model domain [Steger et al., 2017b]. Due to the present setting of SNOWPACK,
which does not allow for saturated condition, the observed mean liquid water content of 16 % [Montgomery et al., 2017] is higher than modelled values. Figure 4.11 shows an expansion of the firn aquifer
to higher elevations during the simulation period (1960–2014). This trend is in line with observations
(2010–2016), which indicate an inland expansion of aquifers in this area [Miège et al., 2016; Montgomery et al., 2017]. Aquifer expansion is also apparent for other regions, where significant firn aquifer
areas are modelled by SNOWPACK (Fig. 4.12). The highest fractions of firn aquifer area are simulated in the southeastern Basins 4 and 5. In both basins, firn aquifers considerably expand inland with
time, particularly in Basin 4. This expansion to higher areas is partially compensated by a decrease in
aquifer area at lower elevations, where porous firn is transformed to bare ice by increasing melt amounts
(Fig. 4.8b). In Basins 4 and 5, the mean surface elevation at which firn aquifers are modelled rises by
∼200 m during the simulation period (1960–2014). Upward migration of firn aquifers is also apparent
in other basins, where Basin 3 and 6 reveal smaller changes of 125 and 90 m, respectively, and Basin
8 a larger elevation increase of 215 m. The modelled aquifer extent of ∼59,000 km2 for the entire
GrIS, average over 2010–2014, is substantially larger than an estimate based on remote sensing data
of 21,900 km2 for the same period [Miège et al., 2016]. The observational derived estimate provides
a minimum extent of the aquifer due to inconsistent flight patterns of airborne data. Further potential
causes for the deviation in estimates are discussed in Steger et al. [2017b].
The formation of firn aquifers requires comparably high melt rates during the summer season and high
annual accumulation rates [Kuipers Munneke et al., 2014]. The dependence of firn aquifers on these
parameters is also apparent in our simulation when modelled GrIS grid cells are plotted as a function
of snowfall and liquid input (Fig. 4.13). The occurrence of firn aquifers is thereby restricted to a rather
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Figure 4.12: Elevation-dependent distribution of firn aquifer areas for the five basins where significant
aquifers are modelled. Firn aquifer areas are delineated with a liquid water threshold of 200 kg m-2
and are aggregated in 200 m elevation bins. In the lower part of the figure, firn aquifer extent is shown
as a fraction of the total basin area for the years 1960 and 2014.

well separated space, which supports the hypothesis that snowfall and liquid input are the principal
predictors for aquifer formation. The period of 1960–1979 has been selected for this analysis because
it is identical to the spin-up period of our simulation. The relation is thus computed for steady-state
climate without any long-term trends in the forcing. To assess the influence of a transient climate, firn
aquifer occurrence as a function of snowfall and liquid input has also been computed for the period
2010–2014, which is identical to firn aquifer observations by remote sensing [Miège et al., 2016]. The
zone of modelled aquifers shifts to a region with a higher ratio of liquid input to snowfall. This shift
is likely caused by the changing climate conditions, where the spatial firn aquifer extent has not yet
equilibrated to the new forcing.
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4
Figure 4.13: Model grid cells with seasonal dry firn as a function of snowfall and liquid input for the
period 1960–1979. The colour map shows the firn air content of the upper 40 m for these points. Grid
cells with perennial firn aquifer are delineated with a threshold of 200 kg m-2 of liquid water and are
shown for the period 1960–1979 (blue dots) and 2010–2014 (orange dots).

4.4.4

Runoff partitioning

Runoff from the ice sheet can either originate from the melting of bare ice in the ablation zone, in which
case runoff is assumed instantaneous, or from melting of snow/firn in the ablation or accumulation
zone, in which case meltwater can be retained or refrozen. Partitioning runoff in these two classes
yields insights in basin characteristics and indicates shifts in the accumulation and ablation area extent.
Basins with high fractions of snow/firn runoff exhibit likely a higher uncertainty in runoff estimates due
to potential storage of liquid water at the source location or along the routing path, the latter of which is
not explicitly modelled. To distinguish runoff from ice and snow/firn, we apply a threshold for firn air
content of 0.02 m.
Basins 1 and 2 show relatively similar characteristics in terms of runoff partitioning (Fig. 4.14). In these
dry northern regions with relatively wide ablation zones, runoff from snow/firn melt is at least an order
of magnitude smaller than runoff from ice melt. Both basins reveal a strong positive trend in runoff
from ice between 1990 and 2014 with an increase of 30.3 Gt a-1 and 15.6 Gt a-1 over the 25 years.
The eastern Basin 3 has a higher runoff fraction from snow/firn than the northern basins. Runoff from
snow/firn is increasing in the later period (2.4 Gt a-1 ), although not on a statistically significant level.
A very different picture emerges from Basin 4, which has a very narrow ablation zone. In this basin,
approximately 87 % of runoff originates from snow/firn. Still, there is a considerable increase in runoff
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Figure 4.14: Time series of runoff from ice and snow/firn for the GrIS (top) and the eight basins. The
grey-shaded area shows runoff from snow/firn as a fraction of total runoff, with values between 0 and
100 %. Dashed lines indicate statistically significant trends (using a significance level of 0.05) between
1990 and 2014.
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from ice during the second half of the simulation period (2.5 Gt a-1 ), which is caused by the decrease
in pore space (Fig. 4.8b) and the gradual increase in the ablation zone. As a result, the snow/firn runoff
fraction in this basin exhibits a significant negative trend (-9 %). Basin 5 reveals a similar pattern,
but here runoff from ice and snow/firn is comparable in magnitude, particularly towards the end of
the simulated period. This basin also reveals the highest interannual variability in snow/firn runoff
fraction, which is related to the high interannual variance of winter (Oct. – Mar.) snowfall in this
region (σ = 0.13 m w.e.). Variance in winter snowfall is also high in Basin 4 (σ = 0.14 m w.e.), but the
sensitivity of the snow/firn runoff fraction on winter snowfall is lower due to a smaller ratio of ablation
to accumulation area. The westerly Basins 6–8 exhibit comparable runoff partitionings: all three basins
are dominated by runoff from bare ice in the ablation zone and all these fluxes reveal a statistically
significant positive trend in the second half of the simulated period. These trends are particularly strong
in Basins 6 and 8, where runoff from ice increases by 54.6 Gt a-1 and 31.5 Gt a-1 over 1990–2014. In
the more northerly Basins, 7 and 8, there is a small but still significant increase in runoff from snow/firn.
For the entire ice sheet, both runoff originating from ice and snow/firn increase at significant rates over
the period 1990–2014 by 171.7 Gt a-1 and 25.6 Gt a-1 , respectively. The runoff fraction from snow/firn
decreased over this time by 6 %.

4

4.5

Conclusions

In this study, we analysed a SNOWPACK simulation carried out for the glaciated area of Greenland and
for the period 1960–2014 with a focus on the LWB of the firn layer. The model was forced by output
from the regional atmospheric climate model RACMO2.3 at the upper boundary. A comparison of the
cumulative MB, derived with modelled SMB values and ice discharge data from observations, indicates
an excellent agreement (R2 > 0.99) with GRACE. The linear trend in cumulative MB improves when the
SMB of Greenland’s glaciated area is simulated by SNOWPACK instead of RACMO2.3 due to higher
refreezing rates in SNOWPACK and thus reduced runoff from the ice sheet. However, the detrended
mean seasonal cycles of these signals reveal significant discrepancies during the melt season. This
mismatch can likely be attributed to neglecting runoff transit times and inaccuracies in the modelled
tundra (snow) hydrology. The model also agrees well with observed changes in firn temperature along
a 2700 km transect in northwestern Greenland and with firn aquifer occurrence in the southeast. A direct
comparison with temperature records from the western percolation zone of the ice sheet is not possible
due to an overestimated bare ice zone extent in the model. Among other potential causes, such as
climate biases in RACMO2.3, this mismatch is at least partly related to a bias in the fresh snow density
parameterisation.
Temporally averaged LWB components over the simulation period (1960–2014) reveal that the balance
is dominated by melt, runoff and refreezing in all basins. Modelled changes in retained liquid mass,
evaporation and rainfall are typically at least one order of magnitude smaller, even for the more southerly
basins. SNOWPACK simulates a mean refreezing fraction of 47 % averaged over the entire ice sheet.
This quantity reveals a high spatial variability and is smallest for the northern GrIS (30 %) and largest
in the southeast (75 %), where snowfall rates are highest. During the first half of the simulation period
(1960–1989), there are no distinctive trends in the components of modelled LWB, but this changes
for the second half (1990–2014), when surface melt fluxes significantly increase in all basins. These
increases are reflected in runoff, particularly in the southwestern area of the ice sheet where runoff
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increases by 0.31 m w.e. a-1 . Simulated trends in runoff generally exceed those in refreezing, which
implies that the majority of the additional liquid water input runs off and thus contributes to sea level
rise. The only exception is Basin 4 in the southeast, where most of the additional liquid input (∼70 %)
is buffered in the firn. The simulated increase in refreezing, which is linked to the gradual expansion
of the melt area in all basins, impacts firn properties by decreasing firn air content and increasing
firn temperature. The exceptional melt in 2012 particularly causes a substantial warming of the firn,
with a peak in the western percolation zone where modelled firn temperatures averaged over 2–10 m
depth locally increase by more than 6◦ C. SNOWPACK also simulates a migration of the firn aquifer
area to higher elevations, which is, at least for an area in southeastern Greenland, in line with the
observations. Partitioning runoff according to its source (melting ice or snow/firn) shows that runoff
from ice dominates on the ice sheet scale (78 %), with the highest runoff fractions (87 %) from snow/firn
modelled in the southeast of the GrIS. Thus, this basin likely exhibits the highest uncertainty in runoff
estimates due to possible retention of runoff in snow/firn at the place of origin or along the routing path.
The evaluation of our SNOWPACK simulation with various in situ and remote sensing observational
data revealed several model inaccuracies, which are discussed in Steger et al. [2017b]. The current study
emphasises the uncertainties in the applied fresh snow density parameterisation and the thermodynamic
conditions beneath firn aquifers. The positive bias in the applied fresh snow density parameterisation for comparably warm climate conditions may be addressed by a comprehensive sensitivity test
of SNOWPACK with different fresh snow density parameterisation for various climatic conditions. A
particular focus should be placed on the disentanglement of processes influencing near-surface density
(e.g. decrease in snow particle size during wind drift, vapour fluxes) and the statistical or physical
representation of these processes in the parameterisation or the snow/firn model. The uncertainties in
the simulated thermodynamic conditions beneath firn aquifers may be constrained with the increasing
availability of in situ observations.
Finally, our study reveals lateral routing of runoff as an additional relevant process that is not considered in our model. This is likely a less relevant issue for horizontal near-surface redistribution of mass
and energy, as surface melt typically reaches higher-elevated areas later in the season, which means
that lower areas are already depleted of pore space and/or cold content and thus do not provide any
more storage volume for upstream runoff. However, neglecting this process complicates comparisons
of modelled SMB and GRACE on seasonal timescales. This shortcoming could be addressed by coupling SNOWPACK to an offline routing scheme for the GrIS. Nonetheless, the modelled MB and firn
temperatures presented in this study compare favourably with remote sensing and in situ data and allow
for a detailed evaluation of the GrIS’s LWB between 1960 and 2014.
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5
Routing of meltwater runoff
from the Greenland Ice Sheet
Summary
Mass variations on Greenland, which are mainly caused by mass changes in the glaciated area and in
the tundra snow load, can be inferred from models (e.g. regional climate and snow/firn models) and
from gravimetric measurements (GRACE). Comparing these time series on a seasonal scale typically
reveals a temporal lag of the modelled data during the melt season. Part of this lag is likely caused by
the assumption that modelled runoff leaves the ice sheet and the tundra instantaneously, independent on
the distance between its origin and the coastline. In reality, it can take several days for runoff to cross
both the glaciated and ice-free areas to reach the ocean. In this study, we investigate this effect by forcing an offline routing model with gridded runoff output from a regional climate model (RACMO2.3)
and a snow/firn model (SNOWPACK). As intermediate steps, the sensitivity of the flow network, which
is required for the routing model, is assessed by varying relevant parameters. Additionally, the performance of the routing model is evaluated for a small-scale catchment for which discharge measurements
are available. Then the model is applied to large-scale basins in combination with GRACE data. For the
small-scale catchment, the agreement between measured and simulated discharge can be considerably
improved (4r2 = 0.32) by accounting for runoff routing. For the large-scale basins, the alignment between simulated and observed seasonal mass variations can only be significantly improved for certain
areas. This is likely caused by errors in the applied modelled and measured data and/or the neglect of
additional processes, which induce mass variations on a seasonal timescale. This study also reveals deficiencies in the snow models used for the tundra, which simulates ablation of the seasonal snow cover
and associated runoff too early in the melt season.
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Introduction

Freshwater fluxes from Greenland mainly consist of rain and meltwater from snow, firn and ice. Discharge to the ocean occurs primarily at the surface, but can also take place at greater depths at the
base of tidewater glaciers, where the fresh water rises in plumes, melting the glacier fronts [Straneo
et al., 2011]. Freshwater input impacts various ocean properties and processes: it decreases water temperature, salinity and density and therewith reduces vertical mixing and stratification. Furthermore, it
enhances sea ice formation [Bintanja et al., 2013] and has an important effect on marine ecology. On
larger spatial scales, high freshwater input rates could weaken the Atlantic Meridional Overturning Circulation (AMOC) [Rahmstorf et al., 2015; Bakker et al., 2016; Boning et al., 2016; Yang et al., 2016]
and increase global mean sea level. Common tools to estimate freshwater fluxes from Greenland, including the Greenland Ice Sheet, are Global and Regional Climate Models (GCMs and RCMs), which
provide runoff both for ice-covered and unglaciated (tundra) areas. In these models, runoff is typically
only provided as spatially gridded output. Two additional quantities are hence required to infer the
location(s) and timing of meltwater discharge from a specific model grid cell to the ocean; the flow
path(s) and the lateral transit time.

5

The first quantity can be derived from a Digital Elevation Model (DEM) that provides surface elevation
and optionally bed elevation for glaciated areas. Computing the flow path(s) for every individual grid
cell yields the flow network, which typically represents a static link between grid cells and discharge
locations. Sood [2003], Sood [2005] and Lewis and Smith [2009] used this approach to compute the
spatial distribution of freshwater fluxes from Greenland for gridded RCM runoff data. The second quantity can be inferred with a routing model. Mernild and Liston [2012] combined a flow network, derived
by a Single Flow Direction (SFD) algorithm, with a linear-reservoir runoff routing scheme (HydroFlow)
to account for the temporal delay. Gridded runoff was estimated from spatially interpolated Automatic
Weather Station (AWS) data.
A crucial quantity for any routing model is the lateral flow velocity, which exhibits a high and complex spatiotemporal variability over Greenland. In glaciated areas, near-surface flow velocities depend
on surface conditions: water flow through saturated snow/firn follows Darcy’s law and is comparably
slow, while flow over bare ice typically occurs in channelized systems and is faster. Once supraglacial
flow encounters a moulin (vertical drainage channel), it enters the en- and subglacial hydrological system. Subglacial flow velocities depend strongly on the developed drainage system, i.e. whether it is
distributed or channelized, which can change relatively quickly [Cowton et al., 2013]. Supra- and subglacial average freshwater discharge may be additionally delayed by temporary storage in supra- and
subglacial lakes. Lateral flow velocities on the tundra exhibit a similar complexity: channelized overland flow can be comparably fast while lateral flow through terrestrial aquifers is much slower. Again,
temporary retention of runoff in lakes, ponds that form on frozen ground and terrestrial aquifers may
decrease the mean flow velocity.
Unfortunately, direct measurements of lateral flow velocities [Gleason et al., 2016; Smith et al., 2017]
are rather scarce, particularly for the tundra. Observations for the supraglacial drainage system were
recorded by e.g. Mernild et al. [2006] and Gleason et al. [2016] and are typically in the order of
∼1 m s-1 , but can be considerably lower for smaller (tributary) channels. Subglacial flow velocities
are normally measured by tracer experiments [Chandler et al., 2013; Cowton et al., 2013], where flow
velocities in the range of ∼0.05–1.5 m s-1 were observed. In situ flow velocity measurements have
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however a very limited spatiotemporal validity and it is thus difficult to directly incorporate them in
routing models that are applied on larger spatial scales. A common approach is the calibration of
routing models with measured river discharge. Such observations [Van As et al., 2012, 2014, 2017] are
however very scarce for Greenland.
In this study, a novel approach is tested, in which average lateral flow velocities for large-scale drainage
basins are estimated based on seasonal timing differences between modelled mass variations and space
borne gravimetry data from the Gravity Recovery and Climate Experiment (GRACE). Besides yielding
average lateral flow velocities, this approach also indicates whether the consideration of routing allows
to close the systematic lag between modelled and observed mass variations during the melt season. A
previous study revealed that the correlation between these two time series can be improved by spatially
uniformly delaying runoff by 18 days [Van Angelen et al., 2014]. Before we try to improve the agreement between modelled and simulated mass variations by considering runoff routing, we conduct the
following intermediate steps: first, the sensitivity of the flow network is assessed by varying relevant
parameters (Sect. 5.3.1). Subsequently, the flow network is applied to gridded runoff from a combination of a RCM (RACMO2.3) and snow/firn model (SNOWPACK) to infer the spatial and temporal
distribution of freshwater fluxes from Greenland. In Sect 5.3.3, the performance of the routing model
(HydroFlow; Liston and Mernild, 2012) is tested for a smaller-scale catchment in west Greenland with
available river discharge data at a high temporal resolution.

5.2
5.2.1

Methods and Data
Derivation of the flow network

The flow network is computed based on the hydraulic potential (φh ), which is formulated as the sum of
the elevation and the pressure potentials in glacial hydrology [Banwell et al., 2013]:
φh = f ρi g (hs − hb ) + ρw g hb ,

(5.1)

where f is the spatially uniform floating fraction, ρi and ρw are the density of ice and water, g is
the gravitational acceleration and hb and hs are the elevation of the bed and the surface, respectively.
The floating fraction is defined as the ratio of water pressure to ice overburden pressure, with f = 1
representing basal water at the ice overburden pressure, and f = 0 representing atmospheric pressure.
Following Lewis and Smith [2009], we assume a spatially uniform floating fraction of f = 1. With this
assumption, Eq. (5.1) can be rewritten as [Livingstone et al., 2013]:
φh = ρi g H + ρw g hb ,

(5.2)

where H is the ice thickness. Equation (5.2) indicates that the flow direction, which follows the gradient
in the hydraulic potential, is only weakly influenced by the bed slope for a floating fraction equal (or
close) to one. The direction of water flow is thus dominated by the surface gradient [Livingstone et al.,
2013], unless the bedrock slope is substantially greater than the surface slope [Lewis and Smith, 2009].
If the influence of the bed is entirely neglected, as e.g. in Mernild and Liston [2012], the equation for
the hydraulic potential reduces to:
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φh = ρw g hs ,

(5.3)

The relevant surface types (ocean and land) for deriving the flow network are represented on a binary
mask. All land grid cells that are adjacent to one or multiple ocean grid cells in the cardinal or diagonal
direction are considered locations where runoff flows into the ocean. On a relatively coarse horizontal
resolution (∼11 km), features like (long) fjords, which have a typical width of a few kilometres, are
frequently classified as land on the binary mask. This causes an artificial overestimation of Flow Path
Lengths (FPLs) in the affected regions. To avoid this overestimation, a fractional land-ocean-mask is
applied and all land grid cells on the binary mask, that contain a non-zero ocean fraction, are additionally
classified as outflow-to-ocean locations.
The gridded hydraulic potential, either computed with Eq. (5.2) or Eq. (5.3), contains depressions,
where the computed flow network would end at inland locations. These depressions can represent realistic surface features but they may also be artificially created during the resampling of DEMs [Arnold,
2010]. For this study, it is assumed that all depressions are topographic artefacts and their hydraulic
potential is thus iteratively raised until the created equipotential area encompasses an outflow location
[Jenson and Domingue, 1988].

5

Subsequently, flow networks are derived from the corrected hydraulic potential with a SFD algorithm,
where flow is exclusively routed to one neighbouring land grid cell, or a Multiple Flow Direction (MFD)
algorithm, where flow is routed to up to eight neighbouring land grid cells. Both algorithms require the
calculation of the gradients in hydraulic potential to the surrounding grid cells. The SFD is computed
with the D8 algorithm [O’Callaghan and Mark, 1984], where all flow is routed to the neighbouring grid
cell with the lowest hydraulic potential. The MFD is derived with the MD8 algorithm [Quinn et al.,
1991], where flow is distributed to all neighbouring grid cells with lower hydraulic potentials and flow
fractions are proportional to absolute gradients in hydraulic potential. For equipotential areas, the flow
network is computed based on Dijkstra’s algorithm [Cormen et al., 2009], where flow is directed to the
nearest grid cell where outflow is possible.
In a next step, the adjacency matrix, which stores the information about the grid cell connectivity for the
SFD or the MFD algorithm, is reduced to encompass only the active part of the flow network, i.e. to grid
cells where runoff either enters the network or travels through. This step allows discarding grid cells
situated above the runoff line and thus decreases the computational demand of the routing model. The
required binary mask, which assigns grid cells to areas below and above the runoff line, is computed by
integrating daily runoff amounts over the full period considered. Basal melting, which generates a small
but consistent amount of runoff also in areas located above the runoff line, is neglected, following Lewis
and Smith [2009]. Finally, the number of upstream grid cells is computed for every grid cell in the flow
network. In the routing model, grid cells are processed according to this number in an ascending order.

5.2.2

Routing model

The lateral drainage of runoff is simulated with the linear-reservoir routing model HydroFlow [Liston
and Mernild, 2012]. In HydroFlow, each grid cell stores water in two linear reservoirs, which represent
different temporal transfer components (Fig. 5.1). The slow responding reservoir accounts for the time
it takes runoff to enter the routing network and simulates e.g. flow through the snow/firn matrix or
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through tundra soil. The fast responding reservoir simulates channelized flow through the network,
which occurs in supra- or subglacial streams on an ice sheet or in rivers on the tundra. The balance of
the two reservoirs is formulated as:
dSs
= Qsi − Qs ,
dt

(5.4)

dS f
= Qs + Q f i − Q f ,
dt

(5.5)

where Ss and S f represent the mass of stored water in the slow- and fast-responding reservoirs, respectively, Qsi the liquid surface input (melt, rainfall and condensation), Qs the flow between the reservoirs,
Q f i the inflow from neighbouring grid cells and Q f the outflow to neighbouring grid cells.

Q

si

Q

fi,W

Q

S

s

S

S

Q

fi,N

Q

fi,E

f

Q

f

Figure 5.1: Scheme of the gridded routing model HydroFlow. Each grid cell contains a slow responding storage (Ss = Qs ks ) and a fast responding storage (S f = Q f k f ). Lateral inflow to the fast
responding reservoir can occur from all eight neighbouring grid cells. Outflow is limited to one neighbouring grid cell for the SFD algorithm and to eight grid cells for the MFD algorithm. Based on Liston
and Mernild [2012].

The assumption of linear storage reservoirs, i.e. storage is proportional to outflow, implies:
S(t) = k Q(t),

(5.6)

where k describes the typical residence or transient time of a fluid element passing through the reservoir
or model grid cell. The parameter k is related to the flow velocity (v) via the average length dimension
(D) of a grid cell:
k=

D
,
v

(5.7)

Combining Eq. (5.4) and Eq. (5.5) with Eq. (5.6) and solving for the slow-response flow (Qs ) and the
fast-response flow (Q f ) yields [Liston and Mernild, 2012]:
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4t
+ Qsi,t 1 − exp −
,
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4t
4t
= Q f ,t−1 exp −
+ (Q f i,t + Qs,t ) 1 − exp −
,
kf
kf
Qs,t = Qs,t−1 exp

Q f ,t

(5.8)
(5.9)

where 4t is the time step of the model. These equations can be iteratively solved for every grid cell,
where Eq. (5.8) has to be solved before Eq. (5.9). The model is run with a time step of one day, which
fulfils the requirement of using a time step with a similar (or smaller) magnitude than the residence
timescale [Liston and Mernild, 2012]. As simulations are exclusively started in winter, it is reasonable
to set the initial flow conditions ( Qs and Q f ) to zero. Flow velocities depend on various parameters,
e.g. the surface roughness, slope, characteristics of the material the fluid is flowing through and stream
width and depth [Liston and Mernild, 2012]. In this study, it is assumed that flow velocities are different
for glaciated and tundra area as well as for snow-covered and bare ground. This yields, in combination
with the slow and fast velocities (vs and v f ), eight distinctive flow velocities.
To reduce the tunable parameter space, a constant ratio of initial flow velocities for the four surface
types is assumed, following Liston and Mernild [2012]. The initial flow velocities (vi ) are 0.12 m s-1
(snow-covered ice), 0.20 m s-1 (snow-free ice), 0.10 m s-1 (snow-covered tundra) and 0.08 m s-1 (snowfree tundra) and are valid for a slope of 15◦ . These velocities are multiplied with a scaling parameter
(α) and a slope correction factor (Γ) to obtain the two flow velocities for the individual grid cells:

5

vs = αs vi Γ,

(5.10)

v f = α f vi Γ,

(5.11)

The scaling parameter represents an adjustable parameter, which accounts for all processes influencing
flow speed that have not been directly considered, as e.g. site-dependent flow characteristics, temporary
storage in lakes/ponds (along the flow path) and retention in the seasonal snowpack and soil of the tundra. The slope correction factor is computed from surface slope (s) (G. Liston, personal communication,
2017) with:
Γ=

 s 0.8
,
15◦

(5.12)

which represents an almost linear dependency of the flow velocity on slope. The surface slope is, except
for some sensitivity test in Sect. 5.3.1, inferred from RACMO2.3 topography at ∼11 km resolution
(Fig. 5.2) and clipped to a range of 0.25◦ to 45◦ , to avoid flow velocities of zero for flat areas.
Due to the fixed ratio of flow velocities for different surface types, the routing model can be calibrated
with two free parameters, αs and α f . To exclude potential unphysical solutions, the valid phase space
for αs and α f is limited by the condition αs ≤ α f . During the optimisation procedure of the routing
model, spatially uniform scaling parameters (αs and α f ) are derived for a catchment/basin. Both scaling
parameters are thereby varied between 0.5 and 25.
The routing model is implemented in Cython [Behnel et al., 2011], together with the computationally
expensive routines for the flow network derivation and analysis. Remaining routines were implemented
in Python.
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5
Figure 5.2: Horizontal slope derived from RACMO2.3 ∼11 km topography. The slope of grid cells
that have less than four neighbouring land cells is set to a default value of 0.25◦ .

5.2.3

Forcing data

The routing model is forced by gridded runoff data, available for 1960–2014 at a temporal resolution
of one day and a spatial resolution of ∼11 km. For the glaciated area of Greenland, runoff is simulated by the multilayer model SNOWPACK. This model explicitly simulates the evolution of different
microstructural snow properties and links them to thermal and mechanical snow quantities [Bartelt and
Lehning, 2002; Lehning et al., 2002b,a]. Snow/firn compaction is modelled with a scheme depending
on overburden pressure. Percolating water, which is simulated with the bucket scheme, can be retained
in the snow/firn by refreezing or as irreducible water in temperate conditions. Liquid water that is not
retained in the snow/firn exits the model domain at the lower boundary (i.e. the firn-ice-transition) and
represents runoff.
SNOWPACK is forced at the snow-atmosphere-interface by surface temperature and mass fluxes (precipitation, melt, sublimation/evaporation and snow drift) from RACMO2.3 [Noël et al., 2015]. An
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extensive evaluation of SNOWPACK with in situ and remote sensing data revealed a good model performance for the glaciated area of Greenland in terms of snow/firn properties (e.g. density and temperature) and Surface Mass Balance (SMB) [Steger et al., 2017b,a]. For the non-glaciated area of Greenland
(according to the static surface mask), runoff from RACMO2.3 is used. In RACMO2.3, seasonal snow
in the tundra is represented by a single-layer model [ECMWF-IFS, 2008]. Snow properties (e.g. density
and thermal conductivity) are thus not vertically resolved and liquid water retention, either by refreezing
or storage as irreducible water, is not considered. Soil is represented by a four-layer model, in which
percolating water can be retained [ECMWF-IFS, 2008]. The soil scheme of RACMO2.3 has not been
evaluated for the tundra area of Greenland and its performance is thus uncertain. Soil processes are
therefore excluded in this study and tundra runoff is, instead of using soil runoff, approximated by the
sum of snowmelt and rainfall.
To compute mass change rates for the glaciated area, (routed) runoff from SNOWPACK is combined
with the remaining SMB-components from RACMO2.3, which are identical to the SNOWPACK forcing data. Mass changes for the tundra are inferred from RACMO2.3 snow mass. If tundra runoff is
routed, the mass change is computed by adding the cumulative sum of snowmelt and rainfall to snow
mass and subtracting the routed cumulative sum of these mass fluxes.

5.2.4
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Observational data

Scaling parameters for the routing model are estimated based on two observational data sets; river
discharge measurements [Van As et al., 2017] and GRACE data [Groh and Horwath, 2016]. River
discharge data are from the Watson river, which drains the Kangerlussuaq catchment in southwest
Greenland. Hourly discharge for 2006–2015 is derived from measured water pressure at the river’s
bottom and by converting stage into discharge via a rating curve, inferred from three different discharge
measurement methods [Van As et al., 2017]. Due to risk of frost damage when pressure transducers are
encased in solid ice, the instruments are not deployed in the early and late melt season. Measurements
are thus only available between May (or early June) and September. A significant data gap exists for
2006, when water stage exceeded the pressure transducer’s upper measurement threshold. This year is
thus discarded and only data for the years 2007 to 2014 are used. Three small remaining data gaps,
which occur at the beginning and end of the melt season in 2008/2010 and are shorter than a week, are
filled by linear interpolation.
The GRACE gravity field solution is provided on a monthly temporal resolution and is available between mid-2002 and mid-2016. To avoid suspected signal leakage, the GRACE product [Groh and
Horwath, 2016] for the eight major drainage basins [Zwally et al., 2012] is not used, as particularly
the most southerly basin covers a comparably small surface area and is thus prone to signal leakage.
Instead, the gridded GRACE product on a spatial resolution of 50 km is applied and values are aggregated to five larger drainage basins (Fig. 5.2), which result from merging (and slightly rearranging) the
eight ’Zwally’ basins. GRACE data for the year 2013 are discarded because the seasonal minimum in
mass is insufficiently well resolved owing to two missing monthly values. Finally, estimates of solid
ice discharge from marine-terminating outlet glaciers are used to compare the ratio of solid to liquid
discharge along Greenland’s coastline. For this, the dataset by Enderlin et al. [2014] is used, which
contains annual estimates of ice discharge for 178 individual glaciers and is available for the period
2000–2012.
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Results and discussion
Flow network sensitivity tests

The flow network determines (I) the location(s) where runoff from a certain grid cell drains into the
ocean, and (II) the (mean) FPL between the grid cell and the drainage location(s). The network’s shape
depends on various factors, e.g. the horizontal resolution of the DEM, the equation (e.g. Eq. (5.2) or
Eq. (5.3)) used to compute the hydraulic potential and the applied flow direction algorithm. The sensitivity of the computed flow network for Greenland to these factors is briefly addressed here. The sensitivity to horizontal resolution is evaluated by comparing the flow network inferred from RACMO2.3’s
surface topography (∼11 km resolution) with flow networks computed with surface (and bed) elevation data on higher spatial resolutions. These fields are obtained by resampling BedMachine V3 data
[Morlighem et al., 2017], which is provided on a 150 m resolution, to resolutions of 10, 5 and 1 km.
Different flow networks are compared by computing (mean) FPLs for the active parts of the networks.
The (mean) FPL, the travel distance of runoff to reach the ocean, is an important characteristic of the
flow network. If transit times are known, this distance can be used to estimate the mean flow velocity.
Figs. 5.3a–5.3c show maps of FPL for some selected combinations of horizontal resolutions and flow
direction algorithms. With values of up to 240 km, FPLs in the active part of the flow network are particularly large in southwest and northeast Greenland, where accumulation rates are small. As a result,
most of the glaciers are land-terminating and both the ablation zone, where ice is at the surface in summer, and the strip of ice-free tundra are relatively wide. In contrast, FPL values in southeast Greenland
are comparably small, typically below 20 km. Here, accumulation rates are large, the ablation area very
narrow (sometimes less than a RACMO2.3 grid cell) and nearly all glaciers are marine-terminating.
Table 5.1: Mean Flow Path Lengths (FPLs) [km] for Greenland and the five basins derived with the
SFD (light grey) and MFD (dark grey) algorithm for different horizontal resolutions (RM: RACMO2.3,
BM: BedMachine). Only the active part of the flow network is considered, i.e. the area below the runoff
line. The hydraulic potential for deriving the flow network is computed by only considering surface
elevation (Eq. (5.3)). Values in brackets show changes in the mean FPL if bed elevation is additionally
considered (Eq. (5.2)).
Greenland

Basin N

Basin NE

Basin SE

Basin SW

Basin NW

RM 11 km
BM 10 km
BM 5 km
BM 1 km

32.7
33.4 (+0.3)
38.5 (+0.7)
48.8 (+0.2)

33.6
32.9 (-0.1)
38.4 (+0.2)
46.7 (+0.4)

31.8
32.8 (+0.4)
38.8 (+1.3)
51.2 (+0.1)

14.3
16.3 (+0.1)
18.6 (+0.2)
23.8 (-0.3)

54.0
54.7 (+1.0)
61.4 (+1.3)
76.2 (-0.3)

23.3
23.6 (+0.2)
27.1 (+0.3)
36.5 (+0.9)

RM 11 km
BM 10 km
BM 5 km
BM 1 km

39.3
38.7 (+0.2)
43.8 (+0.3)
53.0 (+0.2)

39.4
37.4 (+0.1)
42.5 (-0.0)
50.0 (+0.3)

38.0
37.2 (+0.6)
44.3 (+0.8)
55.8 (+0.4)

17.5
19.5 (+0.0)
21.7 (+0.1)
26.8 (-0.1)

65.7
63.5 (+0.2)
69.9 (+0.4)
82.4 (-0.4)

28.6
28.7 (-0.1)
31.9 (-0.1)
40.3 (+0.6)

Table 5.1 shows an overview of the spatially averaged FPLs for Greenland and the five drainage basins
for different combinations of sensitivity factors. For all considered horizontal resolutions and applied
flow direction algorithms, averaged FPLs are rather insensitive to the choice of methods to compute the
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5

Figure 5.3: (Mean) Flow Path Lengths for different combinations of horizontal resolutions and applied
flow algorithms (a–c) and runoff averaged over 2003–2014 (d). Only the active part of the flow network
is shown in all panels.
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hydraulic potential. The influence of the bed elevation on hydraulic potential is therefore neglected for
the rest of this study, following [Mernild and Liston, 2012].
The sensitivity of the averaged FPL to the applied flow direction algorithm and the horizontal resolution
is, on the other hand, distinctive in all regions. The FPL is larger for the MFD than for the SFD
algorithm and increases with increasing resolution of the DEM. The first finding is a consequence of
the dispersive character of the MFD algorithm [Seibert and McGlynn, 2007]. On a surface with a
homogenous inclination, flow spreads over a wider area, which results in a larger mean FPL compared
to the SFD algorithm, where all flow follows the steepest gradient. The second finding is also intuitively
expected, as smaller-scale topographic features are smoothed out when the DEM is resampled to a
coarser resolution, which results in shorter FPLs. However, this correlation is not always found, as
shown by Wu et al. [2008], who analysed FPLs computed from DEMs with resolutions ranging from
10–200 m (for unglaciated terrain). The correlation probably only occurs if a certain length-scale, which
is representative for the majority of topographic features, is crossed during resampling.

5

Figure 5.4: Greenland’s catchments delineated with the SFD (a) and the MFD (b) algorithm. For
improved readability, only catchments that contain 10 or more grid cells are shown. Black dots indicate
the outflow-to-ocean locations for these catchments. In (a), the active part of the flow network is
indicated by thin black lines. Note that no distinct catchment delineation is possible for the MFD
algorithm due to its diffuse flow character. For this algorithm, grid cells are assigned to a catchment
according to the location where the maximal flow fraction enters the ocean.
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Plotting the larger catchments (equal or more than 10 grid cells) derived from the RACMO2.3 ∼11 km
grid with the SFD and MFD algorithms reveals another notable feature (Fig 5.4). The flow direction
computed with the SFD routine is considerably influenced by the grid orientation, which is e.g. apparent
in northeast and west Greenland, where catchment boundaries are not perpendicular to elevation contour
lines (respectively isolines of hydraulic potential). The MFD algorithm is not affected by this issue.
Based on the results from these sensitivity tests, applying the MFD algorithm to the RACMO2.3 topography (∼11 km resolution) is beneficial because of two reasons: (I) the algorithm is not sensitive
to the (arbitrary) grid orientation and (II) the larger FPL values agree better with results obtained at
higher horizontal resolutions. Applying the MFD algorithm to a relatively coarse resolution is in line
with Sood [2003] and Sood [2005], who applied this algorithm to Greenland for resolutions of ∼14 km
and ∼55 km. Running the routing model on a higher resolution would obviously be preferable, but is
complicated by the required downscaling of runoff for the unglaciated areas.

5.3.2

Spatially distributed freshwater discharge to the ocean

In a first step, the spatial distribution of Greenland’s liquid freshwater discharge is computed by applying the MFD algorithm to the hydraulic potential derived from RACMO2.3’s surface topography.

5

Figure 5.5: Freshwater discharge from Greenland surface runoff for the five basins and smaller sectors. Fluxes averaged over the period 1960–2014 are shown in (a) and the difference between the
periods 1990–2014 and 1960–1989 in (b). Note that temporal delays due to routing are neglected.
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Transit times for runoff to cross the ice and tundra are neglected in this analysis (i.e. infinite flow velocities are assumed) as only annually integrated amounts of liquid freshwater discharge are considered.
This assumption is justified because the transit times are considerably shorter (typically < 20 days) than
one year and the seasonal cycle in runoff reaches its minimum in winter.
Figure 5.5a shows the simulated spatial distribution of freshwater discharge averaged over 1960–2014.
Discharge is summed over sectors of 4◦ in the applied stereographic projection and integrated over
the five basins. Freshwater discharge is particularly large in southwest Greenland (137 Gt a-1 ), and
comparably small in the north (59 Gt a-1 ). These findings are consistent with earlier studies, in which
runoff was inferred from a RCM [Lewis and Smith, 2009] and a snow model forced with spatially
interpolated AWS data [Mernild and Liston, 2012]. Liquid discharge in the two southern basins sums
to ∼257 Gt a-1 , which accounts for approximately half of the total Greenland discharge (∼509 Gt a-1 ).
The total amount is in close agreement with the value of 481±85 Gt a-1 obtained by Mernild and Liston
[2012] for a similar period (1960–2010). Comparing discharge between 1960–1989 and 1990–2014
reveals that southern Greenland exhibits the highest increase, particularly in Basin SW (Fig 5.5b).
Within this comparably small basin, runoff increases by ∼25 Gt a-1 or ∼20%. These results are also
in line with the study by Mernild and Liston [2012], which reveals the largest increase in hydrological
activity in south and southwest Greenland. Additional freshwater discharge in the Labrador Sea might
reduce local deepwater formation and could thus potentially weaken the AMOC [Yang et al., 2016].

5

Figure 5.6: Partitioning of freshwater discharge from Greenland averaged over 2000–2012. The
fraction indicates the ratio between fluxes from surface runoff to total fluxes (surface runoff and solid ice
discharge from marine-terminating glaciers). Note that temporal delays due to routing are neglected.
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Combining the modelled spatial distribution of liquid freshwater discharge with solid ice discharge
data [Enderlin et al., 2014] allows the partitioning of the total (surface runoff and solid ice discharge)
freshwater fluxes (Fig 5.6). The five large basins can be classified into runoff-dominated basins (N, NE
and SW) and solid ice discharge-dominated basins (SE and NW). Averaged over entire Greenland and
2000–2012, estimated freshwater discharge into the oceans originates for ∼55% from surface runoff
and for ∼45% from solid ice discharge.

5.3.3

Application to the Kangerlussuaq catchment

Inferring lateral flow velocities by optimising the agreement of modelled SMB and mass loss from
GRACE data is complicated by the low spatiotemporal resolution of the GRACE data (∼200 km and
one month, respectively). That is why the performance of the routing model is first assessed for a single
catchment, the Kangerlussuaq catchment in southwest Greenland, where hourly discharge observations
are available [Van As et al., 2017].

5

Figure 5.7: Hydrological characteristics of the Kangerlussuaq catchment in southwest Greenland.
The solid black line indicates the catchment delineation according to Lindbäck et al. [2015], which is
based on a high-resolution DEM (150 m) for the bed and the surface (catchment Ch ). The solid grey line
encompasses grid cells that contribute at least for 20% to the outflow-to-ocean locations indicated in
red (catchment Cl, 20% ). This area is derived with the MFD algorithm based on the RACMO2.3 ∼11 km
surface topography. The red dot marks the grid cell where Watson river discharge is measured. The red
stars indicate additional outflow-to-ocean grid cells, which are included for an improved alignment of
the two catchments (Ch and Cl ). Black dots show all grid cells where routed runoff enters the ocean.
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Figure 5.7 shows an overview of the Kangerlussuaq area with the location of the discharge measurement
indicated by a red dot. Applying the SFD algorithm to the ∼11 km horizontal resolution to delineate
the catchment yields an area that is significantly influenced by the grid orientation. To avoid this issue,
which is also apparent in other regions of Greenland (Sect. 5.3.1), the MFD algorithm is applied. However, the delineated catchment thus obtained is rather small and does not incorporate significant amounts
of highly elevated areas, when compared to the catchment delineation based on a high-resolution DEM
[Lindbäck et al., 2015]. To obtain a hypsometry similar to that of the catchment delineated by Lindbäck et al. [2015] (catchment Ch ), which is believed to be more accurate, three additional outflow-toocean locations on the ∼11 km grid are taken into account (marked by red stars in Fig. 5.7). The
obtained catchment Cl fully incorporates catchment Ch , but is significantly larger (Ah ≈ 12000 km2 vs.
Al ≈ 45000 km2 ). Simulated runoff from area Al is therefore scaled by a factor that ensures equality
of total modelled and observed discharge averaged over 2007–2014. Using a larger catchment also
implicitly assumes relatively homogeneous flow conditions perpendicular to the catchment’s fall line.
The routing model is run for catchment Cl for the period 2007–2014. Similar to Van As et al. [2017],
runoff from tundra is neglected, which is reasonable for catchment Cl , where 94% of modelled runoff
originates from the glaciated area. An optimal correlation between observed and modelled discharge
is obtained for scaling parameters of αs = 21.5 and α f = 21.5. For these values, the correlation between the measured and modelled runoff from SNOWPACK improves from r2 = 0.55 (un-routed) to
r2 = 0.87 (routed). Combining the obtained scaling parameters with the mean slope correction for the
active part of the catchment (∼0.07) and Eqs. (5.10–5.11) yields spatially averaged flow velocities of
∼0.18 m s-1 (snow-covered ice) and ∼0.30 m s-1 (snow-free ice). These velocities are similar to the
mean flow velocity of ∼0.21 m s-1 obtained by Van As et al. [2017] for the Kangerlussuaq catchment.
The modelled hydrograph of routed runoff shows generally a good agreement with observed discharge,
but also reveals some distinct discrepancies (Fig. 5.8). The simulated hydrograph is typically too
smooth and does not capture certain peaks in discharge, as e.g. in late July 2010 and particularly in
mid-July 2012. This could be caused by the formation of ice slabs in the lower accumulation zone in
these high-melt summers [Machguth et al., 2016], reducing the firn capacity for meltwater storage and
enhancing lateral flow rates. This process is not considered in the current SNOWPACK simulation. On
the other hand, simulated discharge is significantly overestimated by the routing model in the early melt
season of 2011. These discrepancies are likely related to the complex nature of the supra- and subglacial drainage systems. In reality, flow velocities are not constant in time but depend on the amount
of discharge as well as on flow conditions earlier in the melt season [Chandler et al., 2013]. The peak
discharge of e.g. mid-July 2012 could also be caused by a rapid development of the englacial drainage
system [Van As et al., 2017]. This feature cannot be reproduced by the routing model, which assumes
flow velocities that are independent on previous discharge amounts and that only depend on season via
surface characteristics (snow-covered/snow-free). The applied runoff scaling factor of 0.28 shows an
excellent agreement with the ratio of the catchment areas (Ah /Al ≈ 0.27), indicating similar hydrological behaviour of the two catchments and an accurate amount of runoff simulated by the combination of
RACMO2.3 and SNOWPACK. In summary, applying the routing model for the Kangerlussuaq catchment shows that runoff routing significantly improves the agreement between observed and modelled
runoff, even if the model is run on a relatively coarse resolution of ∼11 km. It seems therefore worthwhile to extend the application of the routing model to entire Greenland and try to infer lateral flow
velocities from GRACE data.
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Runoff scaling factor: 0.28, optimal scaling parameters: αs = 21.5, αf = 21.5
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Figure 5.8: Daily measured (black) and modelled (red/blue) runoff discharge from the Kangerlussuaq
catchment for the years 2007–2014. A runoff scaling factor is applied to runoff from SNOWPACK to
match observed runoff.
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Application to large-scale basins

In this section, the routing model is applied to Greenland and the five individual drainage basins for the
period 2003–2014. Values for the scaling parameters are inferred by finding the optimal correlation between detrended seasonal mass variations from GRACE and simulated mass changes from RACMO2.3
and SNOWPACK, including runoff routing. Mass variations are assumed to be exclusively caused by
changes in the cumulative SMB (glaciated area) and in the seasonal snow mass (tundra). Additional
contributors, such as e.g. seasonal variations in solid ice discharge or changes in terrestrial water storage, are not considered but likely negligible when averaged over these large basins. As mentioned in
Sect. 5.2.4, the year 2013 is excluded due to missing GRACE data during the melt season.
Figure 5.9 shows the comparison without runoff routing, i.e. the mean seasonal cycles of detrended
GRACE and cumulated SMB (including tundra mass changes) and runoff averaged over 2003–2014.
Runoff is partitioned according to its source area, i.e. from the glaciated area (blue) and tundra (red).
A third category, which is shown in green in Fig. 5.9, is runoff from grid cells that are, according to
the surface mask, tundra but experience a persistent positive SMB in RACMO2.3. This discrepancy is
caused by two factors: firstly, many of these grid cells are partially (≤ 50 %) covered by ice according to the fractional surface mask. However, according to the binary mask used in RACMO2.3 and
in the routing model, these grid cells are categorised as tundra. Secondly, the discrepancy is caused
by inaccuracies in the simulated climate conditions by RACMO2.3, which lead to a disagreement on
surface types between the static mask and simulated climate. Runoff from ’glaciated’ tundra grid cells
is particularly large in Basins NE and SE, where the abundance of grid cells with fractionally glaciated
areas is largest due to a complex topography and coastline shape (e.g. due to fjords). A reason for
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Figure 5.9: Detrended mean seasonal mass variations from RACMO2.3/SNOWPACK and GRACE and
mean seasonal runoff from different source regions for Greenland and the five basins. Time series are
averaged over 2003–2014, excluding 2013 owing to missing GRACE data in the summer months. The
green area indicates runoff from grid cells that are classified as tundra according to the static surface
mask, but are covered with perennial snow in RACMO2.3. Numbers in the upper right corner represent
annually summed runoff amounts for the different source regions.

partitioning runoff according to its source area is the different complexity of the applied snow models.
Snow in tundra grid cells is simulated by a comparably simple scheme (Sect. 5.2.3).
Even without routed (delayed) runoff, modelled SMB already agrees reasonably well with GRACE data
for most of the basins (Fig. 5.9). However, a clear temporal lag of SMB relative to GRACE is apparent
during the melt season in all basins, suggesting a process that delays mass loss during this time (like
runoff routing). Figure 5.9 also reveals that runoff from the tundra contributes significantly to total
runoff in all basins. Tundra runoff consistently starts and peaks earlier in the melt season than runoff
from the glaciated area, which is caused by an earlier seasonal onset of melt and the finite depth of the
seasonal snowpack. Due to comparably high snowfall amounts, runoff contributions from tundra are
particularly large in Basins NE and SE, where they reach a similar (or higher) magnitude than runoff
from the glaciated area.
Figure 5.10 shows the optimised seasonal mass variations and runoff, i.e. after applying the routing
model. For entire Greenland (top left panel), the optimised SMB shows an excellent agreement with
GRACE mass variations. Substituting the values of the scaling parameter α f and the mean slope correction for Greenland’s active flow network (Table 5.2) in Eq. (5.11) yields fast velocities for ice of
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Figure 5.10: Detrended mean seasonal mass variations from RACMO2.3/SNOWPACK and GRACE
and mean seasonal runoff from different source regions for Greenland and the five basins. Time series
are averaged over the period 2003–2014, excluding 2013 owing to missing GRACE data in the summer
months. Blue lines and blue shaded areas show modelled mass variations and runoff for optimised
scaling parameters α, values of which are indicated in the upper right corner of the panels.

∼0.06 m s-1 (snow-covered) and ∼0.10 m s-1 (snow-free). These scaling parameters and fast ice velocities are considerably lower than values obtained for the Kangerlussuaq catchment (Sect. 5.3.3).
Table 5.2: Spatially averaged slope corrections for Greenland and the five basins. Only the active
part of the flow network is considered to compute spatial averages.

Greenland
Basin N
Basin NE
Basin SE
Basin SW
Basin NW

Land area

Tundra

Glaciated area

0.10
0.09
0.11
0.14
0.08
0.11

0.10
0.08
0.12
0.12
0.08
0.11

0.11
0.10
0.10
0.15
0.08
0.11

The five basins can, according to the obtained scaling parameters and deviations of the optimised SMB
from GRACE, be classified into three groups:
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Basin SW
Relatively large scaling parameters with equal magnitudes for fast and slow flow are obtained for Basin
SW. Compared to the Kangerlussuaq catchment, which is located within this basin, scaling parameters
are ∼2.7 times smaller. An obvious reason for this difference is the unequal spatial extent of the two
areas. Drainage efficiency of the englacial and terrestrial system may be higher in the Kangerlussuaq
catchment relative to the mean drainage efficiency of Basin SW. Another potential reason for the difference is the unequal fractional tundra coverage of the two areas. The fraction is relatively small for the
Kangerlussuaq catchment (Fig. 5.7) and higher for Basin SW as a whole. A substantially larger transit
time of runoff through tundra than through glaciated area, e.g. caused by temporary storage of water in
lakes [Van As et al., 2014] and soil, could thus contribute to the smaller scaling parameters obtained for
Basin SW.
Basins NE and SE
Routing optimisation yields a comparably small slow scaling parameter (αs ) for both basins and a somewhat higher value for α f . In both basins, the difference between GRACE and SMB develops early in
the melt season (Fig. 5.9), when runoff from tundra distinctively exceeds runoff from the glaciated area
and is thus more likely to explain biases. A possible cause for the differences is overestimated tundra
runoff by RACMO2.3 in the early melt season, caused by a too early ablation of the seasonal snow
cover. This hypothesis is supported by two additional evaluations (not shown): firstly, a comparison of
simulated tundra snow cover fraction (SCF) with Moderate Resolution Imaging Spectroradiometer data
[Hall and Riggs, 2016] reveals that SCF decreases too early in RACMO2.3 compared to observational
data. Secondly, a preliminary application of SNOWPACK to the tundra grid cells of Basins NE and
Basin SE indicates a considerable delay of tundra snowpack runoff compared to RACMO2.3, which
is, among other factors, caused by intermediate storage of melted snow by refreezing. The apparent
early bias in RACMO2.3 snow melt is thus likely caused by the relatively simple snow model used for
the tundra (Sect. 5.2.3), which e.g. does not account for refreezing and liquid water retention in snow
and uses a relatively simple albedo scheme. Runoff from ’glaciated’ tundra areas (green shaded area in
Fig. 5.9) is also affected by the bias of a too early runoff onset. As mentioned earlier, this area encompasses several grid cells with a fractional glaciated area. Snow/firn in this glaciated area is thus also
simulated by the relatively simple RACMO2.3 snow model, which transfers snowmelt immediately to
runoff. Apart from runoff retention in snow (or firn), runoff may be further delayed by temporal storage
in soil, which is neglected in this study. The routing model is able to emulate meltwater retention in
a grid cell by setting the slow flow velocity to a small value. This feature is reflected by the small
αs -values obtained for these basins.
Basins N and NW
Optimal scaling parameters obtained for Basins N and NW are identical and, compared to other basins,
minimal (αs ) and maximal (α f ). A comparison of SMB (routed runoff) with GRACE (Fig. 5.10) reveals
that the low αs -values are required to improve the strong deviation of SMB and GRACE in the later
melt season. However, the low αs -values also cause a pronounced overestimation of mass retention at
the beginning of the melt season, which makes the overall improvement marginal. A sensitivity test
with variable fast flow velocities for ice reveals that the velocity for snow-covered conditions would
have to be equal or even larger than the velocity for snow-free conditions to obtain a good agreement.
An improved agreement would thus require a mean fast flow velocity that remains constant or decreases
during the melt season, which seems unphysical both for the supra- and subglacial drainage network.
Observations indicate that these networks typically enhance their drainage efficiency during the course
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of the melt season [Cowton et al., 2013; Chu, 2014]. The unsuccessful application of the routing model
to these basins likely points to uncertainties in the applied models and observational data or to neglected
processes that induce mass variation on a seasonal scale. For Basin NW, solid ice discharge may be
relevant, particularly because the fractional mass discharge from marine-terminating outlet glaciers is
largest in this area (Fig. 5.6).

5.4

Conclusions

In this study, an offline routing model was applied to runoff data from SNOWPACK/RACMO2.3. Besides inferring and analysing the spatial distribution of freshwater fluxes from Greenland, the primary
goal was to investigate deviations between detrended times series of simulated SMB and GRACE during the melt season. Two intermediate steps were performed: firstly, the sensitivity of the mean FPL to
horizontal resolution, the applied flow algorithm and the method of computing the hydraulic potential
was evaluated. The mean FPL proved to be rather insensitive to the definition of hydraulic potential,
which justifies the neglect of bed elevation data, at least for horizontal resolutions equal to or larger
than 1 km. The mean FPL proved highly sensitive to the selected flow algorithm and horizontal resolution of the grid. Relative to the MFD algorithm, the SFD algorithm yields shorter FPLs and reveals,
particularly for coarser spatial resolutions, a distinct dependency on grid orientation. Moreover, mean
FPL increases with increasing resolution. Secondly, the general performance of the routing scheme was
tested for the Kangerlussuaq catchment in southwest Greenland, where river discharge data with a high
temporal resolution are available. The agreement between modelled and observed discharge is significantly improved by the routing model, whilst the obtained optimised scaling parameters (respectively
lateral flow velocities) are within a plausible range.

5

Estimating scaling parameters α (and flow velocities) for five large drainage basins and total Greenland by optimising the alignment between detrended mass variations from GRACE and modelled SMB
yielded mixed results. For Basin SW, the scaling parameters are identical for slow and fast flow and
reveal a plausible magnitude. For Basins NE and SE, the slow flow scaling parameter αs is relatively
small. Both basins reveal a pronounced deviation between un-routed SMB and GRACE early in the melt
season, when runoff is dominated by snow ablation from tundra. It is thus likely that this deviation is not
only caused by the neglect of routing, but also by a seasonally early melt bias in modelled tundra snow
cover, caused by an overly simplified snow model. For Basins N and NW, routing only marginally improves the alignment between modelled SMB and GRACE. Very low values of αs are required to align
SMB and GRACE data in the late melt season, inducing a significant overestimation of mass delay
at the beginning of the melt season. For these basins, we conclude that the SMB-GRACE-alignment
cannot be significantly improved by runoff routing.
For entire Greenland, aligning works well and scaling parameters of 2.0 (slow flow) and 4.5 (fast flow)
are obtained, representing mean fast flow velocities over ice of ∼0.10 m s-1 (snow-free) and ∼0.06 m s-1
(snow covered). These values are in the lower range of velocities observed in supra- and englacial
drainage systems. A prominent cause for these low values is the resolution-dependency of (mean) FPLs,
where a higher spatial resolution would result in larger (mean) FPLs and higher velocities. The early
melt bias in the tundra snow model might further contribute to these low obtained velocities. Finally,
the small modelled velocities represent values averaged over large areas, and can also be explained by
intermediate retention of runoff in e.g. lakes or firn aquifers.
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In summary, the routing model offers an interesting tool to study and partially explain the seasonal
differences between modelled SMB and GRACE data. The seasonal agreement between SMB and
GRACE can be noticeably improved for some basins when runoff routing is considered. In other basins,
the improvement is only marginal or absent, which points to errors in the applied GRACE or climate
forcing data or to neglected processes that contribute to seasonal mass variations. The routing model
applied in this study (HydroFlow; Liston and Mernild, 2012) is computationally relatively inexpensive;
running the model on a higher resolution would thus be feasible and preferable due to the improved
representation of the complex boundaries between tundra, glaciated area and ocean, particularly for
southeast Greenland, and to obtain more accurate FPLs. Using a more complex snow model for the
tundra, which e.g. simulates refreezing and liquid water retention, would at least partly resolve the
early onset of melt and runoff from the tundra.

5

GrIS margin near Kangerlussuaq
Photo: Christian R. Steger

6
Discussion and outlook
6.1

General conclusions

The aim of this study is to improve our understanding of the contemporary Liquid Water Balance (LWB)
of the Greenland ice sheet (GrIS) and Greenland’s peripheral Glaciers and Ice Caps. The main research
question addresses the partitioning of the input of liquid water at the surface, which originates primarily
from melt and to a lesser degree from rain, into refreezing and runoff. Obtaining improved estimates
of this ratio and understanding its interaction with the firn layer is crucial, as runoff from the ice sheet
directly contributes to global mean sea level rise.
To address the above question, the physically-based snow model SNOWPACK was applied to the
glaciated area of Greenland. The performance of the model was assessed by comparison to the semiempirical Institute for Marine and Atmospheric Research Utrecht Firn Densification Model (IMAUFDM) and by evaluating it using in situ observations (firn density/temperature) and remote sensing data
from the Gravity Recovery and Climate Experiment (GRACE) and Operation IceBridge accumulation
radar. The evaluation confirms that SNOWPACK is able to reproduce the general characteristics of the
present-day GrIS firn layer, such as the variability in vertical density profiles and the horizontal extent
of the perennial firn aquifer. Furthermore, the simulated Surface Mass Balance (SMB) of SNOWPACK,
combined with RACMO2.3 snow mass data for the unglaciated area and observationally derived solid
ice discharge, reveals an excellent agreement with GRACE data in terms of the linear mass trend for
the period 2003–2012.
The refreezing fraction, defined as refrozen mass divided by liquid surface input (melt and rainfall), is
estimated to be ∼47% averaged over the GrIS and over the period 1960–2014. The refreezing fraction exhibits a high spatial variability and is lowest in the north (∼30%) and highest in the southeast
(∼75%), where modelled snowfall rates are largest. In contrast to melt, the seasonal cycle in refreezing
is asymmetric, with higher rates occurring at the beginning of the melt season. Depending on the region, this asymmetric pattern is caused by the depletion of cold content and/or pore space in the snow
and firn layer as the melt season progresses, limiting the refreezing capacity.
Looking at interannual variability, modelled LWB components for the GrIS are relatively constant during the first half of the simulated period (1960–1989). During the second half (1990–2014) however,
surface melt significantly increases in all regions. This causes increased rates of refreezing and runoff,
with the trend in refreezing generally exceeding the one in runoff, which implies that most of the additional melt is not buffered in the firn layer but runs off to the ocean. The increase in melt also leads to
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an inland and upward migration of the firn aquifer area, which is, at least for southeast Greenland, in
line with observations.
Applying a routing model offers an interesting tool to explain deviations in modelled SMB and GRACE
data during the melt season. These deviations are (partly) caused by the neglect of lateral routing and
associated transit times and/or the temporary retention of runoff. The routing model also allows us
to derive the spatial distribution of freshwater fluxes from Greenland to the surrounding oceans. Accounting for the delayed mass loss due to runoff routing significantly improves the agreement between
modelled SMB and GRACE in certain large-scale basins. For other basins, improvements are only
marginal, which is likely linked to errors in the model and/or observations.
In summary, offline runs with the SNOWPACK model, forced by output of the Regional Climate Model
RACMO2.3, offer valuable insights in the general characteristics of the contemporary GrIS firn layer.
SNOWPACK is constantly being further developed and offers e.g. advanced water percolation schemes,
which will also be applied to the GrIS in the future. In this thesis we also encountered some weaknesses
in the current model framework. These issues are, together with possible steps for further improvements, discussed in the following sections.

6.2
6.2.1

6

Remaining problems and challenges
Modelled firn structure in the percolation zone

In the runs presented in this thesis, both the IMAU-FDM and SNOWPACK overestimate (near-surface)
density in the GrIS percolation zone [Steger et al., 2017b]. This is particularly apparent in the western
region of the GrIS with its comparably dense coverage of snow/firn density measurements. The overestimation in density is also indirectly evident from modelled firn temperatures in this area: temperatures
are typically underestimated, because modelled pore space is too low, which results in underestimated
refreezing and latent heat release. Owing to a different densification scheme, the bias is less pronounced
in SNOWPACK, but still substantial. We identified the following causes for this bias: (I) inaccuracies
in atmospheric forcing, (II) an oversimplified representation of vertical liquid water percolation and
(III) inaccuracies in the applied fresh snow density parameterisation.
The impact of inaccuracies in atmospheric forcing was recently assessed by updating the forcing model
to version RACMO2.3p2, in which inland precipitation on the GrIS increases by 5–10% and surface
melt along the margins is significantly reduced [Ligtenberg et al., 2018]. Figure 6.1 shows that for the
IMAU-FDM, the new forcing improves the agreement with observed firn air content and temperature.
To further reduce inaccuracies in atmospheric forcing, it would be useful to also drive the firn models
with GrIS (automatic) weather station data, although this only allows localised studies.
Apart from atmospheric forcing, remaining biases are likely also linked to (II) the representation of
vertical liquid water percolation and (III) fresh snow density. In firn simulations considered in this
study, vertical water flow is simulated with the so-called bucket scheme. In this scheme, percolating
water can, depending on available cold content and/or pore space, be retained in every layer and the
effect of permeability (on vertical flow speed) is neglected. The model is thus not able to reproduce
processes like the ponding of water on dense firn layers with reduced permeability and preferential flow
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Figure 6.1: Evaluation of modelled melt-accumulation ratio (a–b), 10-m firn air content (c–d)
and 10-m firn temperature (e–f) for a region in west Greenland [Ligtenberg et al., 2018]. Gridded melt-accumulation ratio (RMA ) is simulated by RACMO2.3 and RACMO2.3p2 and averaged over
1990–2009. Gridded firn properties are modelled by IMAU-FDM, which is forced by the respective
RACMO version. The location of observed quantities is marked by dots in (a–b) and the measured
values, either obtained by firn core retrieval [Harper et al., 2012] or thermistor strings [Humphrey
et al., 2012], are indicated in (c–f) with circles. Blue lines in (a–b) indicate the firn line (FL), chosen
to be equal to RMA = 0.7. Firn core observations in (c–d) are from July 2007 or May 2008 and the
simulated fields are averaged over these two dates. Simulated and observed firn temperatures in (e–f)
are averaged over 2007–2009.

(’piping’). Accounting for reduced permeability could lead to a reduction in firn density, when nearsurface ice slabs prevent melt water to reach the underlying porous firn, forcing water, that ponds on
such (semi-)impermeable features, to run off laterally [Machguth et al., 2016]. Considering preferential
flow (’piping’) might allow water to bypass cold snow/firn, where it would otherwise refreeze, which
leads to a density (and associated temperature) increase deeper in the firn layer. Furthermore, allowing
for melt water ponding is crucial for reproducing slush and fully saturated conditions, which have been
observed in e.g. perennial firn aquifers. Considering variations in permeability (and thus allow for
ponding of water) can be achieved by simulating water percolation according to Darcy’s law [Langen
et al., 2017; Meyer and Hewitt, 2017] or with the Richards equation [Wever et al., 2014]. First attempts
were also made to account for heterogeneous percolation in snow/firn, by representing the process in
a physically based [Wever et al., 2016] or parameterised [Marchenko et al., 2017] form. Testing such
schemes for the GrIS, which likely represent vertical water percolation more realistically than the bucket
method, would be a useful next step to address remaining biases in the percolation zone’s firn structure.
Finally, results from this study indicate problems with deep ice temperatures, whose accurate representation is particularly crucial for firn aquifers locations. Recent observations suggest that liquid water
in saturated layers can refreeze at the base of aquifers [Montgomery et al., 2017] or migrate laterally
[Miller et al., 2018]. Simulating accurate thermodynamic conditions at the base of aquifers is challenging due to the lack of observational data and the fact that firn models are usually not coupled to ice
flow models; the latter would be required to simulate the advection of cold, inland ice to the bottom of
aquifers. Considering lateral liquid water flow and energy exchange in snow/firn models would require
a considerable reconfiguration of the current one-dimensional setup.
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Near-surface snow density

Evaluating the SNOWPACK simulation with measured snow/firn density profiles also revealed that the
model frequently overestimates near-surface (top 0.5–1.0 m) density. The overestimation occurs for
various climatic conditions on the GrIS and is likely linked to the fresh snow density parameterisation,
which yields the initial density for the upper model boundary during accumulation events. Near-surface
density is a crucial quantity, as it influences heat conductivity and permeability of the upper snow and
firn layer, and therefore the SMB and Surface Energy Balance. An accurate simulation of near-surface
density is particularly relevant at firn aquifer locations, where the upper boundary of the aquifer is codetermined by the amount of conductive heat loss to the atmosphere in winter. Fresh snow density
depends in a complex way on atmospheric conditions (e.g. temperature and wind speed) during snow
accumulation as well as on the origin (snowfall or snowdrift) of the deposited snow. The density of
mass added by drifting snow is typically higher, as particles decrease in size (by sublimation) and get
rounded (by collisions) during the horizontal transport [Groot Zwaaftink et al., 2013]. These processes
are (partially) accounted for in the fresh snow density parameterisation by including dependency on
air temperature and wind speed. Over time, various fresh snow density parameterisations have been
developed that primarily rely on static, instantaneous or temporally averaged atmospheric predictors.
To illustrate their differences, Fig. 6.2 shows a selection of four fresh snow density parameterisations
that are used in snow/firn models, RCMs or General Circulation Models (GCMs). These parameterisations yield a large range of fresh snow densities, particularly for the ablation zone of the GrIS. This
wide range has two reasons: firstly, the parameterisations were derived with different observational sets
of snow samples from regions that only cover a limited range of climatic conditions. Parameterisations are thus often extrapolated to conditions (and thus geographical areas) outside of their climatic
validity range. Secondly, predicted snow densities are not always valid for the same near-surface layer
depth, and do not always consider the same processes. The parameterisation by Kuipers Munneke et al.
[2015], for example, yields a vertically averaged density that is representative for the upmost ∼0.5 m.
Factors that influence near-surface density are thus already (partially) considered. Other parameterisations rather return a value for ’skin density’. Near-surface processes that increase near-surface density,
like compaction by wind, must subsequently be accounted for in the snow/firn model.

6

For the glaciated area of Greenland, both SNOWPACK and the IMAU-FDM currently use the parameterisation of Kuipers Munneke et al. [2015]. Some brief sensitivity experiments, where SNOWPACK
was applied with the parameterisation of Langen et al. [2017], revealed an improved performance for
certain locations. A comprehensive evaluation with existing or newly derived parameterisations would
be necessary to consistently improve the representation of near-surface density in the model. An accurate fresh snow density parameterisation would also be useful for an improved tundra snow model with
a multilayer representation of seasonal snow (see next section).
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6
Figure 6.2: Fresh snow densities for the glaciated area of Greenland according to four different parameterisations. The mean density over the period 1985–2014 is shown for parameterisations depending on meteorological variables. Parameterisations that require instantaneous values are calculated
using 3-hourly output from RACMO2.3 and average densities are computed as weighted means, where
solid accumulation amounts determine the weights. Predictors used in the parameterisations are surface temperature (Ts ), 2 m air temperature (Ta ), 10-m wind speed (U10m ), geographical latitude (λ ),
geographical longitude (φ ) and surface elevation (z). The presented parameterisations are used in the
IMAU-FDM and in SNOWPACK (a; Kuipers Munneke et al., 2015), in the RCM HIRHAM5 (b; Langen
et al., 2017), in the RCM NHM-SMAP (c; Lenaerts et al., 2012a) and in the Community Earth System
Model (d; Van Kampenhout et al., 2017).
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Tundra snow scheme

As discussed in Sect. 5.3.4, it is likely that the relatively simple tundra snow model in RACMO2.3
exhibits a bias in the timing of seasonal snow ablation in spring. A comparison of modelled tundra
snow cover fraction with data from the Moderate resolution Imaging Spectroradiometer confirms a too
early onset of snow ablation in RACMO2.3. This bias is, besides potential inaccuracies in atmospheric
forcing, likely caused by the relatively simple seasonal snow model. This single-layer model does not
account for refreezing and liquid water retention in the snowpack and simulates surface albedo with a
rather simple prognostic parameterisation. Simulating tundra snow cover with a more complex model
would, mainly due to the consideration of liquid water retention by refreezing in the early melt season,
likely lead to later runoff from the snowpack.
This assumption is tested by applying SNOWPACK to the tundra area of a basin in northeast Greenland
(inset panel Figure 6.3). This basin has a relatively wide tundra area and seasonal snow depths are comparably large. For this experiment, SNOWPACK is forced with air temperature, relative humidity, wind
speed, precipitation and radiation fluxes from RACMO2.3 and allowed to calculate its own surface mass
and energy balance, rather than prescribing it. This alternative forcing mode is required, as prescribing
a fixed surface temperature could lead to inconsistencies, e.g. if RACMO2.3 and SNOWPACK deviate in modelled surface conditions (snow-covered/snow-free) for a certain time step. Obviously, some
inconsistencies remain, because RACMO2.3 near-surface air temperature and humidity still depend on
modelled surface characteristics. Furthermore, SNOWPACK assumes a uniform distribution of snow
cover within a grid cell, whereas in RACMO2.3 a fractional coverage is assumed below a snow depth
of 0.015 m w.e.

6
Figure 6.3: Spatially averaged snow mass (shaded area) and spatially integrated mass fluxes (solid
lines) for the tundra area of northeast Greenland. The snow depth time series are detrended, to avoid
the drift introduced by tundra grid cells where RACMO2.3 and SNOWPACK predict sustained positive
SMB. Mean seasonal evolution is computed for the period 2003–2014. SNOWPACK is forced with
atmospheric data from RACMO2.3 at the soil/snow-atmosphere interface (see explanation in the text).

Despite these differences, comparing the two simulations is useful to obtain a first order approximation
of the relevance of liquid water retention in the seasonal snowpack on Greenland. Figure 6.3 shows the
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mean seasonal evolution of spatially averaged/integrated snow depth and mass fluxes of the two simulations. The refreezing in SNOWPACK delays runoff, which could (partially) explain the difference
between GRACE and simulated SMB in Fig. 5.9. Applying a more complex snow model to the tundra
area in Greenland would likely improve calculated runoff fluxes and comparison with GRACE on a
seasonal timescale.
Finally, runoff from the tundra could be further delayed by storage of liquid water in the soil. Generally,
watersheds underlain by permafrost, which covers the majority of Greenland’s tundra area [Brown et al.,
1997], have a low subsurface water storage capacity [Kane, 1997]. Additionally, they typically exhibit a
fast hydrological response due to frozen soil with a low permeability, which favours rapid surface runoff
[Gouttevin et al., 2012]. Still, a detailed evaluation of water storage in tundra soil would be valuable to
constrain its relevance for seasonal runoff retention.

6.2.4

Horizontal model resolution

The used horizontal resolution of ∼11 km for RACMO2.3 (and hence SNOWPACK) introduces certain
limitations. For the glaciated area, the resolution is insufficient to resolve marginal areas of the ice sheet
and ice caps, where topography and the outlines of the glaciated area are generally complex. Especially
low-lying outlet glaciers are too steep and/or narrow to be (accurately) resolved at this resolution, which
have a significant effect on simulated runoff that peaks in these areas [Noël et al., 2016]. Resolutioninduced limitations become also apparent when the runoff routing model is applied. On one hand,
the mean Flow Path Length (FPL) scales with horizontal resolution, independent on the chosen flow
direction algorithm (see Sect. 5.3.1). Relevant topographic features, which influence the FPL on a scale
of 1 km, are apparently smoothed out on the coarser ∼11 km grid. On the other hand, the routing model
requires a binary land mask, which does not accurately represent the complex boundaries between
ocean, tundra and glaciated area on an ∼11 km grid, particularly in southeast Greenland. Applying
the routing model to a higher horizontal resolution would thus be desirable. Gridded runoff data on
a higher resolution can be derived by statistical or (further) dynamical downscaling. A statistically
downscaled product on a resolution of 1 km is available [Noël et al., 2016], but it only covers the
glaciated area. An additional downscaled product for the tundra area would thus be required to infer
a high-resolution runoff product that covers entire Greenland. Further dynamical downscaling with
RACMO2 is limited to resolutions of ∼3.5 km, owing to the hydrostatic assumption applied in the
model. A non-hydrostatic RCM would be needed to perform this task. The non-hydrostatic model
HARMONIE-AROME [Bengtsson et al., 2017] could be used, which has already been applied to a
subdomain of Greenland on a horizontal resolution of 2 km [Mottram et al., 2017b].

GrIS near Kangerlussuaq
Photo: Christian R. Steger
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Solid ice discharge
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Evaporation (and condensation)
Firn Densification Model
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Glaciers and Ice Caps (of Greenland)
Global Mean Sea Level
Gravity Recovery and Climate Experiment
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Ice, Cloud and land Elevation Satellite
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Modèle Atmosphérique Régional
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Mass Balance Method
Surface melt
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National Aeronautics and Space Administration
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Regional Atmospheric Climate Model
RACMO version 2.3 (also called RACMO2.3p1)
Regional Climate Model
Representative Concentration Pathway
Refreezing
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RU
SCF
SD
SE
SEB
SFD
SMB
SN
SRES
SU
SW
w.e.

Runoff
Snow Cover Fraction
Snowdrift
Southeast
Surface Energy Balance / Surface Energy Budget
Single Flow Direction
Surface Mass Balance (Climatic Mass Balance)
Snowfall
Special Report on Emissions Scenarios
Sublimation (and deposition)
Southwest
water equivalent

Samenvatting

De Groenlandse ijskap (GrIS) is het grootste zoetwaterreservoir op het noordelijk halfrond. Indien deze
ijskap volledig zou smelten, stijgt het mondiaal gemiddelde zeeniveau met ongeveer 7.4 m, met ernstige gevolgen voor laaggelegen gebieden. Tot halverwege de jaren negentig van de vorige eeuw was
de ijskap nagenoeg in evenwicht, met evenveel massatoename door sneeuwval, als massaverlies door
smeltwater dat van de gletsjers afstroomt (runoff) en afkalvende ijsbergen. Sindsdien is het massaverlies ten gevolge van het opwarmen van de atmosfeer en oceaan significant toegenomen. Het totale
massaverlies sinds 1991 bestaat voor ongeveer 60% uit de toename van het afstromende smeltwater, en
voor de resterende ∼40% uit het toegenomen afkalven van ijsbergen.
Het water dat van de ijskap afstroomt is niet simpelweg de som van regen en smeltwater, aangezien het
vloeibare water op vele plekken op, in en onder het ijs opgeslagen kan worden. Een van deze plekken
is de poreuze laag van samengedrukte sneeuw die ∼90% van de ijskap bedekt, firn genoemd. De
firnlaag fungeert als een soort spons waarin water wordt vastgehouden als ijs, door te herbevriezen, of
als vloeibaar water in zogenaamde firn-aquifers. Het laatste proces komt veel voor in het zuidoostelijke
deel van de ijskap, waar zowel de sneeuwval als de smeltwaterproductie hoog zijn, wat een voorwaarde
is voor het vormen van deze aquifers.
Om te bepalen hoeveel vloeibaar water in de Groenlandse firnlaag achterblijft gebruiken we het sneeuwmodel SNOWPACK. Dit model simuleert expliciet de evolutie van de fysische eigenschappen van de
firnlaag, zoals dichtheid, temperatuur en hoeveelheid vloeibaar water. Historisch gezien werd SNOWPACK gebruikt voor sneeuw in de Alpen en gevoed door waarnemingen van weerstations, maar in dit
proefschrift is SNOWPACK toegepast op de Groenlandse ijskap voor de periode 1960-2014, en aangedreven met het regionale klimaatmodel RACMO2.3.
Om te beoordelen hoe goed SNOWPACK de Groenlandse firnlaag simuleert, gebruiken we waarnemingen, variërend van lokale metingen van firndichtheid en temperatuur tot remote sensing data van de
Gravity Recovery and Climate Experiment (GRACE) satellieten en de accumulatieradar gemonteerd op
het vliegtuig van NASA’s Operation Ice Bridge. Deze evaluatie bevestigt dat SNOWPACK voldoende
nauwkeurig de ruimtelijke variabiliteit in temperatuur, dichtheid en het voorkomen van de firn-aquifers
voorspelt. Ook het recente massaverlies van de ijskap, bepaald uit SNOWPACK resultaten aangevuld
met gegevens van RACMO2.3 en de waargenomen hoeveelheid afkalvende ijsbergen, komt goed overeen met de door GRACE waargenomen massaveranderingen.
Gemiddeld over de ijskap en de periode 1960–2014 simuleert SNOWPACK een herbevriezingsfractie
(de herbevroren massa gedeeld door de totale toevoer van vloeibaar water, bestaande uit smelt, regenval
en condensatie) van ∼47%. Deze fractie hangt sterk af van de jaarlijkse hoeveelheid sneeuwval die
de firnlaag ’ververst’, en is het laagst in het noorden (30%) en het hoogst in het zuidoosten (75%) van
de ijskap. De verschillende componenten die de balans van vloeibaar water bepalen (smelt, runoff,
herbevriezing, regen en verdamping/condensatie) waren relatief constant tijdens de eerste helft van de
simulatieperiode (1960–1989); daarna is er sprake van een significante toename van smelt, vooral in
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het zuidwestelijke deel van de ijskap. De toegenomen smelt leidt tot een toename van runoff en herbevriezing, waarbij de trend in runoff groter is als gevolg van sterke smelttoename in het ablatiegebied,
de ∼10% van de ijskap die niet bedekt is door een firnlaag. Een uitzondering is het zuidoosten van de
ijskap, waar de ablatiezone smal is (< 10 km) en waar 70% van de toename in smeltwater achterblijft in
de firnlaag. In deze regio simuleert SNOWPACK ook de meeste firn aquifers, in overeenstemming met
Operation Ice Bridge waarnemingen. De totale omvang van de firn aquifers in dit gebied, gemiddeld
over 2010–2014, is 60,000–90,000 km2 , afhankelijk van de gebruikte ondergrens voor aanwezig vloeibaar water. De gemodelleerde hoeveelheid water in deze firn aquifers bedraagt ongeveer ∼76 kubieke
kilometer, een ondergrens aangezien SNOWPACK in de gebruikte configuratie verzadigde omstandigheden niet toestaat. De modelresultaten laten tevens een recente landinwaartse verplaatsing van de firn
aquifers zien, ook in overeenstemming met de waarnemingen.
De overeenkomst van SNOWPACK met waarnemingen op de tijdschaal van een seizoen zijn minder
goed. Dit kunnen we deels verklaren doordat in het model wordt aangenomen dat het smeltwater zonder
tijdverlies de oceaan in stroomt. Indien we een routing-model toepassen in zuidwest Groenland, waar
metingen van runoff beschikbaar zijn, zien we een substantiële verbetering in de modelresultaten, zelfs
voor een relatief grove modelresolutie van ∼11 km. In het noorden en noordwesten zien we slechts
kleine verbeteringen wanneer we routing toepassen, waarschijnlijk veroorzaakt door onzekerheden in
de forcering en/of het verwaarlozen van andere processen die seizoensvariaties in massa veroorzaken
(zoals het afkalven van ijsbergen).
Samenvattend is SNOWPACK een waardevol gereedschap gebleken om de firnlaag van de GrIS in de
huidige klimaat te simuleren. Het model wordt constant verbeterd met bijvoorbeeld nieuwe routines
voor waterpercolatie in heterogene sneeuw (Richards-vergelijking en preferentiële stroming). Toekomstige toepassingen van SNOWPACK zullen daarom leiden tot verder verbeterde inzichten in het belang
van de opslag van smeltwater in de firnlaag, op de Groenlandse ijskap en elders.

Zusammenfassung

Der Grönländische Eisschild (GrIS) ist das grösste Süsswasserreservoir in der nördlichen Hemisphäre. Seine vollständige Deglaziation würde den globalen mittleren Meeresspiegel um ∼7.4 m anheben,
was schwerwiegende Konsequenzen für tiefliegende Gebiete auf einer globalen Skala hätte. Der Eisschild war wahrscheinlich in einem ungefähren Gleichgewicht bis in die Mitte der 1990er Jahre, wobei
der Massengewinn durch Schneeakkumulation den Massenverlust durch Schmelzwasserabfluss an der
Oberfläche und Kalbern von Auslassgletschern kompensierte. Beide Massenverlustprozesse sind seither, bedingt durch eine atmosphärische und ozeanische Temperaturzunahme, angestiegen. Massenverlust durch erhöhten Schmelzwasserabfluss macht dabei 60% des totalen Massenverlustes seit 1991 aus,
während der Rest durch verstärktes Kalbern verursacht wurde.
Glazialer Oberflächenabfluss gleicht typischerweise nicht Schmelze an der Oberfläche und Regen, da
Wasser im supra-, en-, und subglazialen hydrologischen Systems des Eisschildes zurückgehalten werden kann. Die poröse Firnschicht, welche ca. 90% des GrIS bedeckt, agiert dabei als bedeutender Zwischenspeicher. Wasser kann innerhalb dieser Schicht durch Wiedergefrieren oder durch flüssige Speicherung in temperiertem Firn (sogenannten Firnaquiferen) zurückgehalten werden. Der zweite Prozess
ist besonders häufig entlang des südöstlichen Randes des Eisschildes, wo Schneefall- und Schmelzmengen relativ gross sind.
Um die Grössenordnung der zurückgehaltenen Wassermenge zu untersuchen, wenden wir ein physikalisches Schnee-/Firnmodell (SNOWPACK) für das vergletscherte Gebiet von Grönland an. SNOWPACK
simuliert die Verdichtung von Schnee/Firn und modelliert die vertikale Perkolation von Wasser und
dazugehörige Prozesse. Das Modell simuliert die Entwicklung von mikrostrukturellen Schneeeigenschaften, welche an thermische und mechanische Schneeeigenschaften gekoppelt sind, explizit. Wir
verwenden SNOWPACK für die Periode 1960–2014 mit atmosphärischem Antrieb vom regionalen
Klimamodell RACMO2.3.
Die Performanz von SNOWPACK evaluieren wir anhand eines umfassenden Beobachtungsdatensatzes.
Dieser Datensatz beinhaltet in situ Messungen (Firndichte und -temperatur) sowie Fernerkundungsdaten
vom Gravity Recovery and Climate Experiment (GRACE) und vom Operation IceBridge Akkumulationsradar. Die Evaluierung zeigt, dass SNOWPACK die generellen Charakteristiken der gegenwärtigen
Firnschicht des GrIS, wie die räumliche Variabilität der vertikalen Dichteprofile und die horizontale
Firnaquiferausdehnung, korrekt repräsentiert. Ferner zeigt der Trend in Grönlands Masse, welcher in
Kombination mit der Schneemasse von RACMO2.3 für das nicht vergletscherte Gebiet und mit der
Kalbungsrate aus Beobachtungsdaten berechnet wurde, eine ausgezeichnete Übereinstimmung mit der
GRACE-Massentwicklung.
SNOWPACK simuliert, gemittelt über den gesamten Eisschild und die Periode 1960–2014, eine Wiedergefrierfraktion (wiedergefrorene Masse geteilt durch den flüssigen Oberflächeninput, d.h. Schmelze, Regen und Kondensation) von ∼47%. Diese Fraktion ist räumlich stark variabel und ist minimal
für den nördlichen Eisschild (∼30%) und maximal im Südosten (∼75%), wo die poröse Firnschicht,
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bedingt durch die hohen Schneefallraten, besonders mächtig ist. Die verschiedenen Komponenten der
flüssigen Wasserbilanz (Schmelze, Abfluss, Wiedergefrieren, Regen und Evaporation/Kondensation)
sind, bezüglich der interannuellen Variabilität, relativ konstant während der ersten Hälfte der simulierten Periode (1960–1989). Die zweite Hälfte (1990–2014) zeigt hingegen einen räumlich konsistenten
Anstieg der Schmelzrate auf, welcher im südwestlichen Teil des Eisschildes besonders ausgeprägt ist.
Dieser Anstieg führt zu einer Erhöhung von Abfluss und Wiedergefrieren, wobei Trends im ersten Prozess, bedingt durch den starken Anstieg der Schmelzrate im Ablationsgebiet, generell höher sind. Der
Grossteil der zusätzlichen Schmelzmenge wird deshalb nicht in der Firnschicht zwischengespeichert,
sondern fliesst in den Ozean, wo sie zum Meeresspiegelanstieg beiträgt. Eine Ausnahme ist der südöstliche GrIS, wo das Ablationsgebiet sehr schmal (< 10 km) ist und 70% des zusätzlichen flüssigen
Inputs durch Wiedergefrieren zwischengespeichert wird. Diese Region weist auch die grösste Fläche
von modellierten Firnaquiferen auf, welche mit Beobachtungsdaten vom Operation IceBdrige Akkumulationsradar übereinstimmt. Die gesamte modellierte Ausdehnung des Firnaquifers, gemittelt über
2010–2014, ist ∼60’000–90’000 km2 , abhängig vom verwendeten Schwellenwert (flüssiger Wassergehalt im Firn) für die Abgrenzung. Die mittlere gespeicherte flüssige Wassermenge ist ∼76 Gt, was
jedoch nur der residualen Wassermenge entspricht, da das Modell keine gesättigten Bedingungen in der
verwendeten Konfiguration zulässt. Modellierte Firnaquiferflächen migrieren zeitlich landeinwärts und
in höhere Gebiete, was zumindest für den südöstlichen Eisschild mit Beobachtungen übereinstimmt.
Berechnete Zeitreihen der kumulativen Massenbilanz und GRACE-Daten stimmen, im Gegensatz zur
ausgezeichneten Übereinstimmung der Trends auf einer interannuellen Zeitskala, auf einer saisonalen
Skala weniger gut überein und sind charakterisiert durch eine räumlich konsistente Abweichung der beiden Signale während der Tauzeit. Ein Teil dieser Abweichung stammt vom vernachlässigten AbflussRouting und der damit einhergehenden Transitzeit, welcher der Abfluss benötigt um den Ozean zu
erreichen. Dieser Effekt wird untersucht mittels der Anwendung eines offline Routing-Modells (mit linearen Reservoiren), welches mit gegittertem Abfluss von SNOWPACK/RACMO2.3 angetrieben wird.
Die Performanz des Modells wird zuerst für ein relativ kleines Einzugsgebiet in Südwestgrönland
evaluiert, für welches kontinuierliche Abflussmessungen verfügbar sind. Die Berücksichtigung von
Abfluss-Routing führt zu einer wesentlichen Verbesserung zwischen gemessenem und simuliertem Abfluss, selbst wenn das Modell auf einer relativ groben Auflösung von ∼11 km angewendet wird. Die
Berücksichtigung von Abfluss-Routing ermöglicht die Minimierung der saisonalen Verzögerung zwischen modellierter und beobachteter Massenvariation für die südwestlichen und östlichen grossräumigen Becken. Allerdings wird ein Fehler im modellierten saisonalen Timing der Schneeablation und des
Schmelzwasserabflusses in der östlichen Tundra offensichtlich, welcher wahrscheinlich die erhaltenen
lateralen Fliessgeschwindigkeiten des Routing-Modells beeinflusst. Für die nördlichen und nordwestlichen Becken ergeben sich nur marginale Verbesserungen. Gründe dafür sind wahrscheinlich Fehler
in den verwendeten Daten und/oder die Vernachlässigung von Prozessen (wie z. b. Kalbern), welche
zusätzliche Massenvariationen auf saisonalen Zeitskalen verursachen.
SNOWPACK hat sich zusammenfassend als wertvolles Werkzeug erwiesen, um die Firnschicht des
GrIS im gegenwärtigen Klima zu untersuchen. Das Modell wird kontinuierlich weiterentwickelt und
beinhaltet beispielsweise neue Wasserperkolationsschemen (Richards-Gleichung und präferenzielle Perkolation), welche den Wasserfluss durch Schnee/Firn realitätsgetreuer abbilden als das in dieser Studie
verwendete Schema. Weitere Applikationen von SNOWPACK für den GrIS werden deshalb vermutlich
neue Erkenntnisse bezüglich der Zwischenspeicherung von flüssigem Wasser in der Firnschicht liefern.
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