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ABSTRACT
The Atlantic Meridional Overturning Circulation (AMOC) responds sensitively to density changes in regions of
deepwater formation. In this paper, we investigate the nonlinear response of the AMOC to large amplitude freshwater
changes around Greenland using a strongly-eddying global ocean model. Due to a 0.5 Sv freshwater input, the maximum
AMOC at 35◦ N decreases by about 50% over a 45 year period. The AMOC does not recover over a period of 50 years
when the freshwater input is ceased at year 45. However, when reversing the sign of the freshwater input at year 45, the
AMOC needs only about 10 years to fully recover. The mechanism that causes this asymmetric response in the AMOC
is clarified using water mass transformation theory.
Keywords: AMOC, high-resolution ocean modeling, hosing, Parallel Ocean Program

1. Introduction
The Atlantic Meridional Overturning Circulation (AMOC) is
that part of the Atlantic Ocean circulation that is mainly responsible for the meridional transport of heat and salt in the Atlantic
Ocean (Johns et al., 2011). It is thought to be sensitive to freshwater anomalies in the northern North Atlantic affecting the sinking
and redistribution of water masses. Such a sensitivity is found in
a hierarchy of climate models, ranging from ocean-box models
(Stommel, 1961) to global climate (CMIP5) models (Drijfhout
et al., 2015). A mechanism that is causing this sensitivity is the
so-called salt advection feedback. A freshwater perturbation in
the northern Atlantic leads to a weakening of the AMOC, which
in turn leads to a reduction in meridional salt transport, hence
amplifying the original perturbation (Stommel, 1961; Wolfe and
Cessi, 2014).
There are many global ocean-climate model studies that
discuss the sensitivity of the AMOC to freshwater perturbations.
One of the typical simulations carried out with these models
focusses on the AMOC response to freshwater anomalies associated with Greenland Ice Sheet melting (Gerdes et al., 2006;
Stammer, 2008; Kopp et al., 2010; Stammer et al., 2011). These
models mostly employ a freshwater inflow of 0.1 Sv (1 Sv = 1×

106 m3 s−1 ) and a horizontal resolution of about 1.0◦ such that
the effects of ocean eddies are parameterized. In these
non-eddying ocean/climate models, the AMOC is weakening
in response to the freshwater input, but there is quite some variation between models. In a relative short simulation (10 years)
with an eddy-permitting (ORCA025) model (Marsh et al., 2010)
the freshwater anomalies remain localized to the area of the
Labrador Sea and hence (on this short time scale) the impact
on the large-scale circulation is limited. Behrens et al. (2013)
showed that ocean-only models with an eddy-permitting (0.25◦ )
resolution are quite sensitive with respect to the surface boundary
condition formulation used.
Weijer et al. (2012) used the Parallel Ocean Program (POP) in
two configurations, with horizontal resolutions of 1◦ and 0.1◦ ,
respectively. The transient AMOC response to the addition of
0.1 Sv of freshwater was significantly different between the two
configurations (Weijer et al., 2012). In the low-resolution version
of the model, the AMOC strength levels off after a rapid initial
decline, while in the high-resolution configuration, the AMOC
decline is more gradual and persistent. In addition, only in the
high-resolution configuration the oceanic response is found to be
strongly dependent on where the anomalous freshwater forcing
is applied. Using the same configuration as in Weijer et al. (2012),
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Fig. 1. Maximum AMOC at 35◦ N; the values of G S are shown in the labeling of the curves. The black curve is the AMOC strength of the reference
simulation.

Den Toom et al. (2014) analyzed results of a low-resolution and
a high-resolution POP simulation having an integrated flux of
freshwater near Greenland equal to 0.5 Sv. Based on a detailed
study of the salt balance in the models, they found that the transient net freshwater advection by the overturning at the southern
boundary of the Atlantic (Huisman et al., 2010), which forms a
measure of the salt advection feedback, has an opposite sign in
the low- and high-resolution versions of the model.
As suggested by Wolfe and Cessi (2009, 2011), water mass
transformation theory (Marsh et al., 2000) can be used to
relate the steady-state strength of the adiabatic, interhemispheric
(‘pole-to-pole’) overturning circulation to the surface density
distribution. This is achieved by incorporating the idea that
Southern Ocean Ekman transport can maintain a deep overturning circulation in the absence of diapycnal mixing (Toggweiler
and Samuels, 1995). An adiabatic pole-to-pole circulation exists
when the following two conditions are met: (1) westerlies are
present over the Southern Ocean, which drive a thermally indirect meridional flow and establish a deep stratification; and (2)
there is a set of outcropping isopycnals that are shared between
the Southern Ocean and the northern North Atlantic, providing a deep, adiabatic pathway for the southward return flow
of North Atlantic Deep Water (NADW). The theory was extended (Nikurashin and Vallis, 2011) by including a diabatic
abyssal overturning cell, corresponding to AntArctic Bottom
Water (AABW).
In this study, the nonlinear behaviour of the AMOC and the
associated water mass transformations in the North Atlantic due
to freshwater perturbations around Greenland are investigated
using the same strongly eddying global ocean model as in Weijer
et al. (2012). We specifically consider the difference between the
response of a strong AMOC to positive freshwater anomalies
near Greenland and that of a weak AMOC to negative freshwater anomalies. Huge freshwater anomalies (0.5 Sv) are used
to obtain a good signal-to-noise ratio to isolate the difference
in the time scale of weakening/strengthening of the AMOC. An

explanation for this asymmetry in AMOC response is proposed
using water mass transformation theory.

2. Ocean model and simulations
The simulations described here are performed using the global
version of the POP (Dukowicz and Smith, 1994; Maltrud et al.,
2010), having a tripolar grid layout, with poles in Canada and
Russia. The strongly eddying configuration has a nominal horizontal resolution of 0.1◦ and is the same as that used by Weijer
et al. (2012). The vertical grid consists of 42 non-equidistant
z-levels, increasing in thickness from 10 m just below the upper
boundary to 250 m just above the lower boundary at 6000 m
depth. The bottom topography is discretized using partial bottom
cells, creating a more accurate and smoother representation of
topographic slopes.
The atmospheric state is based on the repeat annual cycle
(normal-year) Coordinated Ocean Reference Experiment
(CORE1 ) forcing dataset (Large and Yeager, 2004), with the
6-hourly forcing averaged to monthly. Wind stress is calculated offline using the Hurrell Sea Surface Temperature (SST)
climatology (Hurrell et al., 2008) and standard bulk formulae.
Evaporation and sensible heat flux are calculated online using
bulk formulae and the model predicted SST. Precipitation is also
taken from the CORE forcing dataset. Ice cover is prescribed
based on the −1.8 ◦ C isoline of the SST climatology, with both
temperature and salinity restored on a timescale of 30 days under
diagnosed climatological ice. This leads to artificial freshwater
and heat fluxes that are at least an order of magnitude smaller
than the mean fluxes and are only located within the region of
the sea-ice.
The numerical simulations branch off from the end of year 75
of a spin up from rest under salinity restoring (Maltrud et al.,
2010). The dependence of the salt flux on sea surface salinity
is removed in the simulations described here. This is done by
diagnosing the salt flux implied by the restoring condition from
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Fig. 2. Mean of model years 1–96 for the reference simulation: (a) kinetic energy (mean over the upper 50 m), (b) potential density (average over
the upper 50 m), (c) temperature (mean over the upper 50 m), (d) salinity (mean over the upper 50 m), (e) maximum mixed layer depth in March, and
(f) pattern of the AMOC.

the next 5 years (years 76–80) of the spin-up simulation and
adding the result to the climatological fluxes. The annual mean
field of the total freshwater flux is shown in Fig. 1a of Den Toom
et al. (2014) and shows a good agreement with observations (e.g.
the HOAPS dataset as in Fig. 16 of Andersson et al., 2010). Just
to give an impression on the computational effort to perform
simulations with this model: on 1296 cores of the Cartesius ma-

chine https://userinfo.surfsara.nl/systems/cartesius/description,
the performance is about 4 model years per 24 h (van Werkhoven
et al., 2014).
Apart from a control simulation, where no freshwater anomalies have been prescribed, three simulations have been performed.
In the G S = 0.5 Sv simulation, an additional 0.5 Sv of freshwater
has been introduced around Greenland over 75 model years. The

4

S.-E. BRUNNABEND AND H. A. DIJKSTRA

Fig. 3. Mean of model year 45 for the G S = 0.5 simulation: (a) kinetic energy (mean over the upper 50 m), (b) potential density (average over the
upper 50 m), (c) temperature (mean over the upper 50 m), (d) salinity (mean over the upper 50 m), (e) maximum mixed layer depth in March, and (f)
pattern of the AMOC.

first 45 year of this simulation was analysed in Weijer et al.
(2012) and Den Toom et al. (2014). After 45 model years, the
second simulation (G S = 0.0 Sv) branches off from the first
simulation, only with the difference that the additional freshwater has been stopped; it runs for another 50 model years.
The third simulation also starts from year 45 of the G S = 0.5

Sv experiment but, instead of stopping the freshwater inflow,
it is reversed resulting in a salt inflow (hence it is referred to
as the G S = −0.5 Sv simulation). The freshwater perturbation
amplitudes are much larger than any realistic freshwater forcing
which could result from present-day Greenland Ice Sheet melting (Böning et al., 2016). However, these amplitudes are used
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Fig. 4. Annual mean, upper 50 m averaged, kinetic energy difference of the G S = −0.5 simulation w.r.t. mean of model year 45 of the G S = 0.5
simulation; model year (a) 48, (b) 56, and (c) 76.

here to clearly identify the mechanism of the AMOC response
asymmetry in strongly eddying models with strong internal variability (Den Toom et al., 2014).

3. Results
The presentation of the results is divided over two sections. In
Section 3.1, we describe changes in the AMOC and associated
fields such as the mixed layer depth, eddy kinetic energy and
potential density. Section 3.2 provides a further analysis of the
AMOC behavior in the different simulations using water mass
transformation theory.

3.1. Response to freshwater anomalies
The maximum annual mean AMOC at 35◦ N slowly varies
around 25 Sv in the reference simulation (black curve in Fig. 1).
Although this maximum is also strongly coupled to the Gulf
Stream transport, it adequately monitors the AMOC strength as
theAMOC pattern is basin wide coherent (Buckley and Marshall,
2016). There is hardly any drift, which shows that the constructed
freshwater flux from the spin-up simulation is able to maintain a
statistical steady state. Under the freshwater forcing with G S =
0.5 Sv, the AMOC decreases to about 10 Sv over the first 45 years
and to about 7 Sv over the next 30 years (blue curve in Fig. 1).
When terminating this freshwater perturbation after 45 model
years, the AMOC does not recover but continues to decrease
during the following 50 years where it remains at a level of
about 5 Sv (G S = 0.0 Sv, green curve in Fig. 1). However,
when the freshwater inflow is reversed (G S = −0.5 Sv), the
AMOC needs less than a decade to recover (red curve in Fig. 1). It
slightly overshoots the reference simulation for a short period of
time and thereafter quickly approaches the level of the reference
simulation.

We first consider properties of the reference simulation by
averaging over the years 1–96, focusing on northern part of the
North Atlantic (30◦ N– 85◦ N). The total kinetic energy (averaged over the upper 50 m) shown in Fig. 2(a) indicates strong
boundary currents south of Greenland and in the Labrador Sea. It
also shows a realistic Gulf Stream separation near Cape Hatteras
and a turning of its continuation further downstream. Patterns of
the potential density, temperature, salinity and maximum mixed
layer depth (in March) are shown in Fig. 2(b)–(e). These are
compatible with a strong AMOC which transports salt and heat
northwards, creating a high density region in the Labrador Sea,
with substantial convection (and associated deep winter mixed
layers). The pattern of the AMOC, as shown in Fig. 2(f) shows
that its maximum value is located at about 35◦ N and at 1000 m
depth.
The freshwater input (G S = 0.5 Sv) has a strong impact
on the three-dimensional ocean circulation (Brunnabend et al.,
2014). The Gulf Stream and North Atlantic current shift to the
east (Fig. 3(a)) and transport less heat to the subpolar gyre
region (Fig. 3(c)). In particular, the turning of the Gulf Stream
continuation into the direction of Labrador Sea weakens, leading
to a decreased upper ocean temperature in this region. However,
the cooling cannot fully compensate for the decreased potential
density caused by the freshening (Fig. 3(d)). In the regions of
the North Atlantic deep water formation in the Labrador and
Norwegian Sea, the potential density of the upper ocean is strongly
decreased (Fig. 3(b)). As a consequence the maximum mixed
layer depth is reduced substantially (Fig. 3(e)). In addition, the
NADW return depth is shallowing by about 1500 m during the
first 45 model years of the (G S = 0.5 Sv) simulation giving
the strengthened AABW cell the opportunity to fill the space
(Fig. 3(f)).
When reversing the freshwater inflow at year 45 of the G S =
0.5 Sv simulation, the AMOC recovers within 10 years (Fig. 1).

6

S.-E. BRUNNABEND AND H. A. DIJKSTRA

Fig. 5. Annual mean AMOC difference of the G S = −0.5 simulation w.r.t. the mean of model year 45 of the G S = 0.5 simulation; model year (a)
48, (b) 56, and (c) 76.

Fig. 6. Difference fields of the G S = −0.5 simulation w.r.t. the mean of model year 45 of the G S = 0.5 simulation. (a), (e), and (i) potential
density (average over the upper 50 m), (b), (f), and (j) temperature (mean over the upper 50 m), (c), (g), and (k) salinity (mean over the upper 50 m),
and (d), (h), and (l) maximum mixed layer depth in March; model year (a)–(d) 48, (e)–(h) 56, and (i)–(l) 76.

The differences of the annual mean kinetic energy patterns (with
respect to that at year 45) for this G S = −0.5 Sv simulation are
shown for the years 48, 56 and 76 in Fig. 4. Within 10 years, the

Gulf Stream separation has restored from an overshoot near Cape
Hatteras (Fig. 4(a)) to a well separated current (Fig. 4(b)), while
simultaneously its continuation is turning back into the Labrador
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from water mass transformation theory (Walin, 1982; Marsh
et al., 2000) in the analysis of the model simulations. Consider
in Fig. 7 an isopycnal, with constant density b, which surfaces at
a latitude θ0 . In our results below, potential density referenced
to 2000 m is used, that is b = σ2 . The vertical position of the
isopycnal is given by z = ζ (φ, θ, b, t) as indicated in Fig. 7 and
the volume below the isopycnal over the latitude range [θ, θ0 ] is
V . The isopycnal overturning stream function is then defined as

ψ (θ, b, t) = −r0 cos θ
Fig. 7. Sketch of an isopycal which surfaces at θ = θ0 and the
associated diapycnal transport ψ (in Sv), isopycnal transport G (in Sv)
and volume V changes (in m3 ).

Sea (Fig. 4(c)). The width of the Gulf Stream is also decreasing,
which clearly indicates a strong coupling between the buoyancy
distribution in the northern North Atlantic, through the AMOC,
to the Gulf Stream separation and width (Spall, 1996). It is
also interesting that the boundary currents around the Labrador
basin are generally weakening in strength during the recovery
(Fig. 4(a)–(c)). Already 3 years after the salt anomaly has been
applied, there is an 8 Sv increase in the AMOC through the North
Atlantic (Fig. 5(a)). With time, this anomaly extends over the
wholeAtlantic basin and the return depth of the NADW increases
(Fig. 5(b)). The maximum AMOC anomalies are largest in the
Gulf Stream region (Fig. 5(c)).
The change in flow is immediately reflected in the differences
(with respect to that at year 45) of temperature, salinity, potential
density and maximum mixed layer depth fields in the northern
North Atlantic (for the G S = −0.5 Sv simulation) as shown for
the years 48, 56, and 76 in Fig. 6. The signature of the applied
salt perturbation can directly be seen in the salinity changes (Fig.
6(c), (g), and (k)), and this dominates also the potential density
anomalies (Fig. 6(a), (e), and (i)) near the boundaries of Greenland and the Canadian coast. At year 48, the salt anomaly causes
deep mixed layers only in the central Labrador Sea (Fig. 6(d)),
but later such deep mixed layers are found over most of the
area south of Greenland (Fig. 6(d), (h), and (l)). The recovery
of the AMOC also leads to a strong northward heat transport,
in particular through the changes in the surface circulation, that
is shown as an increase in the temperature in the Labrador Sea
(Fig. 6(b), (f), and (j)). The recovery of the AMOC also leads to
a more than 5 ◦ C temperature change south of Greenland.

3.2. Analysis: water mass transformation theory
The most remarkable result in the previous paragraph is the
difference in time scales of collapse and restoring of the AMOC
in the G S = 0.5 Sv and G S = −0.5 Sv simulations. We aim to
explain this asymmetry in theAMOC response by using concepts

 φ E  ζ (φ,θ,b,t)
φW

−H

v (φ, θ, z, t) dz dφ.

(1)
where H is the depth of the ocean bottom and r0 is the radius of
the Earth. Furthermore, φW and φ E are the zonal boundaries of
the domain and v the meridional velocity.
In transient situations, the isopycnal transport is not necessarily equal to diapycnal transport (Marsh et al., 2000). In addition
to the isopycnal stream function ψ (in Sv), one therefore also
needs to consider the change in time of V (in m3 ), i.e.

V (θ, b, t) = r02

 θ0
θ

cos θ 

 φ E  ζ (φ,θ,b,t)
φW

−H

dz dφ dθ  , (2)

which represents the volume north of the section at latitude θ and
below the isopycnal with density b. A transformation ‘pseudo’
stream function
G (θ, b, t) = ψ (θ, b, t) +

∂ V (θ, b, t)
,
∂t

(3)

can then be defined, which has the useful property that its derivative with respect to latitude, ∂G/∂θ, gives the diapycnal flux at
latitude θ. So, the two stream functions ψ and G are complementary; the first provides the isopycnal transport below the
surface with buoyancy b, and the second monitors the diapycnal
transport north of latitude θ (Marsh et al., 2000).
The fields of ψ, ∂ V /∂t and G are shown for year 2 of the
G S = 0.5 simulation in Fig. 8(a), (e) and (i), respectively. The
region of vertical contours near 60◦ N in Fig. 8(a) shows the
sinking of water to deeper layers in the Labrador Sea. At this
initial phase of the freshening, the isopycnals will move slightly
downward. However, the deflation of the volume V , in particular
for the deeper layers, is relatively weak (Fig. 8(e)). The sinking
is here mainly associated with a diapycnal transformation (Fig.
8(i)). The difference between the three fields ψ, ∂ V /∂t and G at
year 46 and year 2 (Fig. 8(b), (f), and (j)) indicates that only in
later stages of the development of the flow, the deflation of the
deeper isopycnals becomes stronger, leading to a more negative
∂ V /∂t at latitudes θ > 40◦ N for σ2 ∼ 37 kgm−3 . Both the
isopycnal and transformation stream function have substantially
decreased as less water has access to the adiabatic pathway. This
is due to the fact that less isopycnals are shared between the
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(a)

(e)

(i)

(b)

(f)

(j)

(c)

(g)

(k)

(d)

(h)

(l)

Fig. 8. (a)–(d) Isopycnal stream function ψ , (e)–(h) volume tendency ∂ V /∂t, and (i)–(l) transformation ‘pseudo’ stream function G of (a), (e),
and (i) G S = 0.5 Sv, model year 2, (b), (f), and (j) G S = 0.5 Sv, model year 46 minus year 2, (c), (g), and (k) G S = −0.5 Sv, model year 47, (d),
(h), and (l) G S = −0.5 Sv, model year 77 minus year 47.

northern North Atlantic and Southern Ocean (Wolfe and Cessi,
2009; Den Toom et al., 2014).
Two years after the salt input has started, the isopycnal stream
function already is increasing in strength (Fig. 8(c)). The crucial
difference with the behavior of the AMOC when freshwater
is added, is the relatively large values of ∂ V /∂t, in particular
for the deeper layers (Fig. 8(g)). This indicates that as soon
as salt is added, increased mixing occurs which leads quickly
to a surfacing of the isopycnals, inflating the volume V of the
deep isopycnals. Also due to the reconnection of isopycnals in
the North Atlantic and in the Southern Ocean, the water gains
access to the adiabatic pathway leading to a large diapycnal flux
at northern latitudes (Fig. 8(k)). At year 77, when the AMOC
has already equilibrated to that of the reference simulation, the

isopycnal stream function is only increased (compared to year
47) at depth (Fig. 8(d)). The inflation has nearly ceased at depth
in the northern NorthAtlantic (Fig. 8(h)) and there is again a large
diapycnal flux at deeper layers (associated with a full strength
AMOC).

4. Summary and discussion
The response of theAMOC to freshwater perturbations continues
to be a central theme in climate research. There is a wide diversity
of AMOC responses to future increases of greenhouse gases
in the CMIP5 climate models (IPCC, 2013) which is not very
well understood. In this paper, we have focussed on a specific
aspect: the difference between the response of a strong AMOC
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to positive freshwater perturbations and of a weak AMOC to
negative freshwater perturbations, where the perturbations were
localized in the northern North Atlantic (i.e. near Greenland).
The main new element is that the simulations are done with a
strongly eddying global ocean model. In this model, boundary
currents such as the Gulf Stream and in the Labrador Sea are well
represented and the flow is highly variable due to the presence of
ocean eddies. Hence, the connection between changes in these
boundary currents, deepening of the maximum mixed layer and
the AMOC can be studied in more detail than in low-resolution
models (e.g. Stammer et al., 2011) where the boundary currents
are diffuse and the effects of eddies are parameterized.
Our main result is that the strong AMOC decays over about
50 years due to the freshwater perturbation, whereas the weak
AMOC recovers in about 10 years due to the salt perturbation.
Hence, there is about a factor of 5 difference between the time
scale of the AMOC decrease and the AMOC increase. The main
mechanism of the different response time scales can be understood from an analysis using water mass transformation theory.
When the upper layer density decreases due to the freshwater
input, the isopycnals move to lower depths. The motion of the
isopycnals is controlled by advection and hence is relatively
slow. As a consequence, there is a deflation in volume below
an isopycnal (dV /dt < 0) and because also the diapycnal flux
decreases, the isopycnal transport decreases. On the contrary,
when salt water is added to a weak AMOC this leads to a rapid
increase in the surface density through mixing and hence the
isopycnal moves upward. This gives a rapid inflation in volume
(dV /dt > 0) and because also the diapycnal transport increases,
the isopycnal transport increases.
We used unrealistically large freshwater anomalies to obtain a
high signal-to-noise-ratio of the response in this highly variable
ocean model (Weijer et al., 2012), but there is a priori no reason
why the mechanism of the asymmetric response would not be
applicable under smaller freshwater forcing amplitudes. Hence,
one would expect a weaker AMOC to respond quicker to negative freshwater anomalies on a decadal time scale than a stronger
AMOC to positive freshwater anomalies. Unfortunately, nor the
observational nor the high-resolution model data are available
(Buckley and Marshall, 2016) to test whether one can detect such
response asymmetries but it certainly is an interesting aspect to
consider as it may be relevant for the response of the AMOC due
to climate change.
Although not further analysed in this paper, there appears to be
a strong coupling between the changes in density in the northern
North Atlantic, the strength of the boundary currents and the
strength of the AMOC. Changes in density affects convection,
the strength of the boundary currents in the Nordic Seas and
hence the deep water formation and path of the southward branch
of the AMOC (Spall and Pickart, 2001). This in turn also influences the path of the Gulf Stream which overshoots to the north
under a weakened deep return branch. To understand the full
connection between the changes in the boundary currents and
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the AMOC changes, one has to combine the theories of deep
sinking (Spall and Pickart, 2001), AMOC strength (Wolfe and
Cessi, 2009) and of the interaction of deep and shallow boundary
currents (Spall, 1996). The simulations of which results were
presented here are less suitable to help develop such a theory
as they consider quite a transient response and one rather would
have equilibrium responses. The required equilibrium simulations for global strongly eddying ocean models are, however,
not yet practical as they require at least 1000 model simulation
years (and each would take us about a year to complete).
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