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S U M M A RY

Carbon dioxide (CO2 ) is an important natural and anthropogenic greenhouse gas in
Earth’s atmosphere. Its atmospheric mole fraction has increased from about 280 ppm
(parts per million) in the pre-industrial atmosphere to more than 400 ppm at present.
This increase is the most important contributor to the on-going global warming. It is
firmly established that anthropogenic emissions of CO2 from fossil-fuel burning are
the main cause of the increase, but rising atmospheric levels of CO2 also affect the
large gross exchange fluxes between the atmosphere and the biosphere and ocean,
and these feedbacks to increased CO2 are not well understood.
CO2 is the end product of atmospheric oxidation reactions and as such a very stable
molecule in the atmosphere. Only in the upper stratosphere and mesosphere it can
be broken down chemically by high-energy UV radiation. In addition, it has been
found that CO2 exchanges oxygen isotopes i) with water at the earth’s surface and
ii) with excited state O(1 D) atoms via a peculiar molecular exchange reaction. This
reaction is particularly important in the stratosphere, where the abundance of O(1 D),
which is produced during UV photolysis of O3 , is sufficiently high. The first one of
these exchange processes allows studying the interaction of CO2 with the biosphere
at the earth’s surface, the second one records a signal of photochemical conditions
in the stratosphere in the CO2 molecule. The quantification of this isotope exchange
in the stratosphere and its interpretation is the subject of the present thesis.
Investigation of the stable isotopic composition of atmospheric CO2 is important
for studying carbon cycle and provides a tracer for sources and sinks of this important greenhouse gas in the atmosphere. Although different isotopes have in general
similar chemical properties, their slight difference in mass causes differences in physical and chemical properties such as vibrational zero point energies, diffusion speed
or chemical bond strength. These subtle differences affect chemical reaction rate
coefficients and equilibrium constants, which lead to differences in the abundances
of atomic or molecular species between reservoirs, and are referred to as isotope
effects or isotope fractionations. By identyfing the type and magnitude of isotope fractionation in different atmospheric species, we can better understand certain physicochemical processes in nature.
Most kinetic and thermodynamic processes follow the standard mass-dependent
fractionation equation: δ17 O = 0.52 × δ18 O, where δ is the relative isotope enrichment of 17 O and 18 O in a sample relative to a reference material. Stratospheric
CO2 , however, demonstrates significant excess in 17 O over what is expected from
the mass-dependent fractionation equation based on its 18 O content. The 17 O excess
in a linear approximation is defined as: ∆17 O = δ17 O - 0.52 × δ18 O, and usually
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referred to as mass-independent fractionation. Via the exchange process mentioned
above, CO2 in the stratosphere becomes anomalously enriched in 17 O. The extent
of this exchange is dependent on the photochemical conditions in the stratosphere,
and therefore multi-oxygen isotopic measurements of high-altitude CO2 air samples
have potential to increase understanding of stratospheric chemistry and transport.
In order to use the anomalous isotopic composition of CO2 to gain information
on stratospheric transport and chemistry, an accurate, highly-precise and safe analytical method to determine ∆17 O in CO2 is needed. However, due to isobaric interference between the 13 C16 O2 and 12 C17 O16 O isotopologues the measurements of
triple-oxygen composition of CO2 by isotope ratio mass spectrometry are not straightforward. Applying isobaric correction usually requires conversion of CO2 to O2 or
equilibration of CO2 with a solid metal oxide. Up to date numerous off-line measurement techniques have been developed, many of which are labour-intensive and
utilise the sample of up to ∼ 30 µmole CO2 , corresponding to an air sample of 2 L
volume.
In order to analyze smaller samples, we first developed an online version of the
fast and highly effective oxygen isotope exchange system using CeO2 as exchange
agent (Assonov and Breninkmeijer, 2001). The 17 O excess is derived from isotope
measurements on two different CO2 aliquots: unmodified CO2 and CO2 after complete oxygen isotope exchange with cerium oxide (CeO2 ) at 700 °C. Thus, a single
measurement of ∆17 O requires two injections of 1 mL of air with a CO2 mole fraction
of 390 µmol mol−1 at 293 K and 1 bar pressure (corresponding to 16 nmol CO2 each).
The required sample size (including flushing) is 2.7 mL of air. A single analysis (one
pair of injections) takes 15 minutes. The analytical system is fully automated for unattended measurements over several days. The reproducibility of measured ∆17 O is
0.58 h for 10 measurements (using 30 mL of air) and can be decreased statistically
to 0.2 h (using 750 mL of air). Our system is designed for measuring atmospheric
air samples with CO2 mole fractions between 360 and 400 ppm.
Collecting large air samples at high altitudes ( > 15 km) is very expensive because
it requires employment of aircraft, atmospheric balloons or rockets. Therefore, in
the second step, the system was modified and adapted to reduce the total amount of
air required and measure air samples at ambient pressure, with the goal to analyze
air samples collected with an AirCore device (Karion et al., 2010). An AirCore is a
lightweight sampling system that consist of a long (∼ 100 m) piece of coiled stainless
steel tubing that is lifted to an altitude of ∼ 35 km on a baloon with one open and the
other end closed. Before each flight the AirCore coil is filled with a standard dry fillgas. During ascent, the AirCore empties because of the decrease in pressure, during
descent, ambient air successively fills the AirCore coil again as pressure increases.
Previously, the air from an AirCore was vented after analysis with a real time analyser
and not used for other, more sophisticated and slower, analyses. We developed a
Stratospheric Air Sub-sampler (SAS) to collect and to store the vertical profile of air
collected with an AirCore (Karion et al., 2010) in numerous sub-samples. The SAS
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described here is a 20 m long 1/4 inch stainless steel tubing that is separated by
eleven valves to divide the tubing into ten identical segments, but it can be easily
adapted to collect smaller or larger samples. The SAS can be directly coupled to the
modified analytical system for measurement of ∆17 O. The standard error for a 25
mL air sample at stratospheric CO2 mole fraction is 0.56 h (1 σ) for ∆17 O. The
complete analytical procedure from AirCore sampling, SAS sub-sampling and ∆17 O
analysis was validated through measurements on stratospheric air samples obtained
during an AirCore flight over Sodankylä, Finland in November 2014. The measured
∆17 O values show the expected negative linear correlation with N2 O, which provides
an independent check on the system calibration.
Finally, using these two measurement techniques we have analyzed the oxygen isotopic composition (δ17 O and δ18 O) of CO2 in stratospheric and upper tropospheric
air samples collected over Kiruna, Sweden in 2011 and over Sodankylä, Finland in
2014. Air mass characteristics (polar vortex, vortex edge and mid latitude-like) were
assigned to our samples based on potential temperature and N2 O mole fraction. The
triple isotope slopes equal 2.23 ± 0.12 for polar vortex samples, 1.96 ± 0.14 for
vortex edge samples and 1.81 ± 0.19 for the air samples of mid latitude-like characteristics. These large-scale linear fits are forced through a tropospheric CO2 endmember of ln18 O(CO2 ) = 40.72± 0.12 h and ln17 O(CO2 ) = 21.50 ± 0.07 h. To
investigate variability of the three-isotope slope with extent of chemical processing
in the stratosphere, we analyze ∆ln17 O/∆ln18 O for individual samples of our study
and previously published data.
This study presents a new cost-effective experimental method to measure isotope
effects in CO2 from small stratospheric air samples and further insight into evaluation of the anomalous signatures from the measured quantities. In the future, we
plan routine measurements of stratospheric profiles of ∆17 O together with the mole
fractions of CO2 , CH4 and CO from AirCore flights on a regular basis, which could expedite the use of the isotope signatures for studying stratospheric circulation patterns
and reaction mechanisms.
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S A M E N VAT T I N G

Kooldioxide (CO2 ) is een belangrijk natuurlijk en antropogeen broeikasgas in de atmosfeer van de Aarde. De atmosferische mol fractie is gestegen van ongeveer 280 ppm
(moleculen CO2 per miljoen luchtmoleculen) in de pre-industriële atmosfeer tot meer
dan 400 ppm op dit moment. Het staat vast dat antropogene CO2 -uitstoot door verbranding van fossiele brandstoffen de belangrijkste oorzaak is van deze toename. De
toename is niet alleen de belangrijkste bijdrage aan de huidige opwarming van de
aarde, maar het stijgende atmosferische CO2 -gehalte beïnvloedt ook de netto uitwisselingen van CO2 tussen de atmosfeer en de biosfeer, de oceaan. Deze terugkoppelingsmechanismes zijn niet goed begrepen.
CO2 is het eindproduct van atmosferische oxidatiereacties en een zeer stabiel molecuul in de atmosfeer. Alleen in de bovenste stratosfeer en de mesosfeer kan het
chemisch afgebroken worden door UV-straling met hoge energie. CO2 zuurstofisotopen uitwisselen met i) water op het aardoppervlak en ii) aangeslagen zuurstof
atomen O(1 D) via een specifieke moleculaire uitwisselingsreactie. Deze reactie is
bijzonder belangrijk in de stratosfeer, waar veel O(1 D) wordt geproduceerd door UVfotolyse van O3 . De eerste van deze uitwisselingsprocessen maakt het mogelijk om de
interactie van CO2 met de biosfeer op het oppervlak van de aarde te bestuderen. De
tweede zorgt ervoor dat de zuurstofisotopen in het CO2 -molecuul een tracer zijn voor
fotochemische condities in de stratosfeer. De kwantificering van deze isotoopuitwisseling in de stratosfeer en de interpretatie ervan is het onderwerp van dit proefschrift.
Onderzoek naar de stabiele isotoopsamenstelling van atmosferisch CO2 is belangrijk voor het bestuderen van de koolstofcyclus en biedt een tracer voor bronnen
en afbraakprocessen van dit belangrijke broeikasgas in de atmosfeer. Hoewel verschillende isotopen over het algemeen dezelfde chemische eigenschappen hebben,
veroorzaakt het verschil in massa verschillen in fysische en chemische eigenschappen, zoals vibratie nulpuntenergieën, diffusiesnelheid of chemische bindingsterkte.
Deze subtiele verschillen beïnvloeden de snelheid van chemische reacties (kinetische
raten coëfficiënten) en thermodynamische evenwichtsconstanten. Dit leidt tot verschillen in de hoeveelheid van de isotopen van een element tussen reservoirs. Deze
verschillen worden gekwantificeerd als isotoop-effect of isotoopfractionatie. Door
de isotoopfractionatie in verschillende atmosferische gassen te meten, kunnen we
fysisch-chemische processen in de natuur beter begrijpen.
De isotoopfractionatie in de meeste kinetische en thermodynamische processen
volg de standaard massa-afhankelijke fractioneringsvergelijking: δ17 O = 0.52 × δ18 O,
waar δ de relatieve isotoopverrijking van 17 O en 18 O in een monster is in relatie tot
een referentiemateriaal. Stratosferisch CO2 laat echter een aanzienlijke exces in 17 O
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zien ten opzichte van wat wordt verwacht volgens de massa-afhankelijke fractioneringsvergelijking op basis van het 18 O-gehalte. Het exces 17 O in een lineaire benadering wordt gekwantificeerd als: ∆17 O = δ17 O - 0.52 × δ18 O, en wordt ook "massaonafhankelijke fractionering" genoemd. Via het uitwisselingsproces met O(1 D) wordt
CO2 in de stratosfeer anomaal verrijkt in 17 O. De omvang van deze uitwisseling hangt
af van de fotochemische omstandigheden in de stratosfeer. Daarom kunnen metingen van δ17 O en δ18 O van CO2 in luchtmonsters uit grote hoogte het begrip van
stratosferische chemie en transport vergroten.
Om ∆17 O in CO2 te bepalen is een zeer nauwkeurige en veilige analysemethode
nodig. Als gevolg van isobarische interferentie tussen de 13 C16 O2 en 12 C17 O16 O isotopologen zijn echter de metingen van de triple-zuurstof samenstelling van CO2 door
isotopenverhouding massaspectrometrie niet eenvoudig. Het toepassen van isobarische correctie vereist gewoonlijk omzetting van CO2 naar O2 of zuurstofuitwisseling van CO2 met een vast metaaloxide. Tot nu toe zijn verschillende off-line meettechnieken ontwikkeld, die vaak arbeidsintensief zijn en tot ∼ 30 µmole CO2 nodig
hebben, wat overeenkomt met een luchtmonster van 2 liter.
Om kleinere monsters te analyseren, ontwikkelden we eerst een online versie van
een snel en zeer effectief zuurstof-isotoopuitwisselingssysteem met CeO2 als zuurstofbron (Assonov en Breninkmeijer, 2001). Het exces van 17 O wordt berekend uit isotoopmetingen van twee verschillende CO2 -monsters: ongewijzigd CO2 en CO2 na
volledige uitwisseling van zuurstofisotopen met ceriumoxide (CeO2 ) bij 700 °C. Zo
vereist een enkele meting van ∆17 O twee injecties van 1 ml lucht met een CO2 mol
fractie van 390 µmol mol−1 bij 293 K en 1 bar druk (overeenkomend met 16 nmol
CO2 in elk monster). De vereiste hoeveelheid lucht (inclusief spoelen) is 2.7 ml lucht.
Eén enkele analyse (twee injecties) duurt 15 minuten. Het analytische systeem is
volledig geautomatiseerd voor onbewaakte metingen over meerdere dagen. De reproduceerbaarheid van gemeten ∆17 O is 0.58 h voor 10 metingen (waarbij slechts
30 ml lucht gebruikt wordt) en kan statistisch worden verlaagd tot 0.2 h (met 750 ml
lucht). Ons systeem is ontworpen voor het meten van atmosferische luchtmonsters
met CO2 mol fracties tussen 360 en 400 ppm.
Het verzamelen van grote luchtmonsters op grote hoogten (> 15 km) is erg duur
omdat vliegtuigen, atmosferische ballonnen of raketten moeten worden ingezet. De
AirCore is een lichtgewicht bemonsteringssysteem dat bestaat uit een lang (∼ 100
m) stuk gerolde roestvrijstalen buis met een open en een dicht uiteinde, die naar een
hoogte van ∼ 35 km wordt opgehesen aan een ballon (Karion et al., 2010). Vóór elke
vlucht is de AirCore-rol gevuld met een standaard droog vulgas. Tijdens het opstijgen
loopt de AirCore leeg door de daling van de luchtdruk, en daarna vult omgevingslucht de buis tijdens de afdaling, aangezien de druk toeneemt. Zo wordt in de AirCore
het verticale profiel van de atmosfeer opgeslagen (Karion et al., 2010). Vroeger werd
de lucht van een AirCore alleen geanalyseerd met een Picarro optische analyzer en
niet gebruikt voor andere, meer verfijnde en langzamere analyses. Wij ontwikkelden
een Stratospheric Air Sub-sampler (SAS) om het verticale profiel van de lucht die
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verzameld is met een AirCore in een reeks submonsters op te slaan. De hier beschreven SAS is een 20 m lange 1/4" roestvrijstalen buis die gescheiden wordt door
elf kleppen om de buis in tien identieke segmenten te verdelen. De maten kunnen
gemakkelijk aangepast worden om kleinere of grotere monsters te verzamelen. Om
lucht die met een AirCore verzameld is te kunnen meten werd het 17 O analyse systeem aangepast om de totale hoeveelheid lucht die nodig is te verminderen en luchtmonsters bij omgevingsdruk te meten. De SAS kan direct gekoppeld worden aan
het aangepaste analytische systeem voor meting van ∆17 O. De standaardfout voor
een 25 ml luchtmonster bij stratosferische CO2 -mol fractie is 0.56 h (1 σ) voor
∆17 O. De volledige analytische procedure van AirCore sampling, SAS subsampling en
∆17 O analyse werd gevalideerd door middel van metingen van stratosferische luchtmonsters verkregen tijdens een AirCore-vlucht over Sodankylä, Finland in november
2014. De gemeten ∆17 O waarden tonen de verwachte negatieve lineaire correlatie
met N2 O. Dit is een onafhankelijke controle op de systeemkalibratie.
Met behulp van deze twee meettechnieken werd de zuurstofisotopische samenstelling (δ17 O and δ18 O) CO2 in luchtmonsters uit de stratosfeer en bovenste troposfeer geanalyseerd. De monsters werden verzameld over Kiruna, Zweden in 2011 en
over Sodankylä, Finland in 2014. De eigenschappen van luchtmassa (polaire vortex,
vortex rand en middenbreedtegraad-achtig) werden toegewezen aan onze monsters
op basis van potentiële temperatuur en N2 O mol fractie. De triple isotoop richtingscoëfficiënten zijn 2.23 ± 0.12 voor monsters uit de polaire vortex, 1.96 ± 0,14 voor
monsters van de vortexrand en 1.81 ± 0,19 voor de luchtmonsters van gemiddelde
breedtegraden. Om deze hellingen te bepalen worden lineaire fits geforceerd door
een troposferische CO2 -eindpunt van ln18 O(CO2 ) = 40.72± 0.12 h en ln17 O(CO2 )
= 21.50 ± 0.07 h. Om de variabiliteit van de drie-isotoop coëfficiënt te interpreteren met betrekking tot fotochemische omstandigheden in de stratosfeer werden
∆ln17 O/∆ln18 O hellingen berekend voor individuele monsters van onze studie en
eerder gepubliceerde data. De hellingen tonen een maximum voor N2 O mol fracties
tussen 100 en 150 ppb, en worden lager voor zowel hogere als lagere N2 O mol
fracties.
Deze scriptie presenteert een nieuwe kosteneffectieve experimentele methode om
isotoopeffecten in CO2 te meten uit heel kleine stratosferische luchtmonsters en verder inzicht te geven in de evaluatie van de afwijkende isotopenverhoudingen uit
de gemeten luchtmonsters. In de toekomst kunnen met dit systeem regelmatig stratosferische profielen van ∆17 O gemeten worden samen met de mol fracties van CO2 ,
CH4 en CO van AirCore-vluchten, waardoor het gebruik van deze isotopopsignatuur
voor het bestuderen van stratosferische circulatiepatronen en reactiemechanismen
kan worden verdiept.
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INTRODUCTION

1.1

H I S T O RY O F CA R B O N D I OX I D E

The first discovery of carbon dioxide dates back to John Baptist Van Helmont, a Belgian scientist (1577-1644), who introduced the term gas into the chemical vocabulary. He was the first one to produce gas silvestre ("gas that is wild and dwells in outof-the-way places") in three distinct reactions: the fermentation of alcoholic liquor,
the combustion of charcoal, and the acidification of marble and chalk. However, after
Van Helmont’s discovery the chemical formula of carbon dioxide remained unrecognized for more than a century. The second scientist who observed carbon dioxide
was a Scottish physician and chemist Joseph Black (1728-1799). In 1756, during
combustion of magnesium carbonate [MgCO3 ] Black observed a loss of weight of
magnesium carbonate and production of a heavy gas that neither sustained a flame
nor supported life. The weight was reabsorbed when the gas was exposed to calcium oxide (CaO). Black named the gas fixed air due to its ability to attach and "fix"
to compounds exposed to it. In 1767, Joseph Priestley (1733-1804) a chemist who
lived next to a brewery in Leeds, become fascinated with a bubbly gas in the brew and
decided to produce the gas at home. He found out that the gas extinguishes lighted
wood chips and when dissolved in water enriches it with the bubbles of tangy taste.
The elemental composition of carbon dioxide was finally determined by AntoineLaurent de Lavoisier, five years after he observed that diamonds contain pure carbon
and produce carbon dioxide when heated. Lavoisier renamed Black’s fixed air to
carbon dioxide in 17811 .
1.2

PR OPE RT I ES O F CA RB O N DIOX IDE

Carbon dioxide (CO2 ) is a colorless and odorless gas that occurs naturally in the
atmosphere and plays an important role in animal and plant respiration and photosynthesis. It contains one carbon atom covalently double bonded to two oxygen
1 Source: Air Pollution and Global Warming: History, Science and Solutions by M.Z Jacobson, 2nd edition,
Cambridge University Press, 2012.
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atoms and has a linear structure, O=C=O. This threeatomic molecule has four modes
of vibration: an antisymmetric stretching mode at 2349 cm−1 , a degenerate pair of
bending modes at 667 cm−1 and a symmetric stretching mode at 1388 cm−1 (Atkins
and de Paula 2006). Some of the infrared radiation emitted by the Earth is absorbed
by CO2 , see Sect 1.4.
1.3

C O2 A N D T H E E N V I R O N M E N T

The atmosphere exchanges material with the biosphere, oceans, soils and cryosphere
reservoirs. Various processes like biochemistry, physical exchange and redox chemistry connect the reservoirs. The natural sources of CO2 include volcanic outgassing,
evaporation from the oceans and plant respiration. It is removed from the atmosphere
by the biosphere (photosynthesis), oceans (dissolution and photosynthesis) and in
chemical weathering of carbonate rocks (Jacobson 2012). Carbon dioxide plays an
important role in the environment because it is an inherent part of the carbon cycle,
it is the main carbon source for plants and an important natural and anthropogenic
greenhouse gas (Affek and Yakir 2014). CO2 is also the end product of many chemical
reactions. It is produced during several bacterial metabolic processes such as fermentation (Eq. 1.1 shows the chemical reaction for fermentation of glucose, C6 H12 O6 ),
aerobic respiration in plant and animal cells (Eq. 1.2) and chemical oxidation of
carbon monoxide (Eq. 1.3) and organic gases.
C6 H12 O6 → 2C2 H5 OH + 2CO2

(1.1)

C6 H12 O6 + 6O2 → 6CO2 + 6H2 O + heat

(1.2)

2OH + 2CO → 2CO2 + H2

(1.3)

Carbon dioxide is released from carbonate rocks by marine organisms, like corals,
that produce calcium carbonate in seawater (Eq. 1.4) and via metamorphism of limestone at depth in subduction zones or in orogenic belts (Eq. 1.5) during mountain
uplifts (Jacobson 2012).

1.4

C a ++ + 2H CO3− → C aCO3 + CO2 + H2 O

(1.4)

C aCO3 + SiO2 → C aSiO3 + CO2

(1.5)

C O 2 I N T H E AT M O S P H E R E

The CO2 molecule is stable in the atmosphere, except for very high up in the stratosphere and mesosphere, where it can be photolyzed by high energy UV radiation, but
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this sink is very small. The CO2 lifetime against loss by photolysis in the upper stratosphere and mesosphere alone is about 200 years (Sonnemann and Grygalashvyly
2013). It is difficult to assign a single lifetime because conceptually very different processes are involved in the removal of CO2 from the atmosphere. A better shorthand
for public discussion might be that three-quarters of CO2 sticks around for hundreds
of years, the rest 25 % stays in the atmosphere for thousands of years 2 . The lifetime
of CO2 is so long because there are no significant chemical sinks of atmospheric CO2
and the uptake by the biosphere and the ocean are relatively slow processes.
Carbon dioxide is the most dominant anthropogenic greenhouse gas. The infrared
radiation absorbed by the molecule is kept it in the atmosphere and influences near
surface temperature of the Earth. Carbon dioxide emissions have increased significantly over the last 200 years and therefore are important cause of global warming
(IPCC 2013). The anthropogenic sources of CO2 include fossil fuel and biofuel combustion (coal, oil, natural gas, diesel, organic-diesel, petrol, organic-petrol, ethanol),
biomass burning, cement production and land use change. Before the industrial revolution, the atmospheric abundance of CO2 was ∼ 280 ppm (Le Quéré et al. 2016).
The longest record of direct measurements of CO2 in the atmosphere is available
from the Mauna Loa Observatory. When observations at Mauna Loa began in 1958
the CO2 concentration was roughly 315 ppm (see Figure 1.1). The current abundance
of carbon dioxide is above 400 ppm.
The carbon emissions are not fully balanced by the carbon sinks on lands and in
the ocean. Between 1870 and 2015 the cumulative contribution to the global carbon
budget by emissions from human activities is + 262 ppm of CO2 (this includes emissions from coal, oil, gas, cement production and land use). The land and ocean uptake decreased the CO2 mole fraction by 77 ppm and 74 ppm, respectively (Le Quéré
et al. 2016). With increasing atmospheric mole fraction the sinks continue to grow.
Le Quéré et al. (2016) report changes in the global carbon cycle caused by anthropogenic activities, averaged globally for the decade 2006 - 2015. The emission from
fossil fuels and industry were calculated to be 34.1 ± 1.7 GtCO2 /yr, the emissions
from deforestation and other land-use 3.5 ± 1.8 GtCO2 /yr, and the uptake of carbon by the ocean and land reservoirs 9.7 ± 1.8 GtCO2 /yr and 11.5 ± 3.1 GtCO2 /yr,
respectively. In consequence the change in the atmospheric CO2 reservoir for the
decade 2006 - 2015 was estimated as 16.4 ± 0.4 GtCO2 /yr. Ambient mole fractions
of carbon dioxide are not regulated in any country. The CO2 emission controls are
the subject of an ongoing effort by the international community to reduce global
warming.
2 http://www.realclimate.org/index.php/archives/2005/03/how-long-will-global-warming-last
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Figure 1.1: Mole fraction of atmospheric CO2 in dry air measured at the Mauna Loa
Observatory, Hawaii (19.5◦ N, 155.6◦ W). The red line represents the monthly
mean CO2 data, the black line represents the same data but after correction
for the average seasonal cycle. From NOAA Earth System Research Laboratory
(www.esrl.noaa.gov.).

1.5

ISOTOPES

Elements which have the same atomic number (the number of protons in the nucleus), but different atomic mass (the sum of protons and neutrons in the nucleus)
18
are called isotopes, e.g. 16
8 O and 8 O. Isotopes can be distinguished in two classes,
stable and radioactive isotopes. The work in this thesis deals only with stable isotopes. Although different isotopes have in general similar chemical properties, their
slight difference in mass causes differences in physical and chemical properties such
as vibrational zero point energies, nuclear spin or strength of a chemical bond. These
subtle differences affect reaction rate coefficients, equilibrium constants and abundances of atomic or molecular species and are referred to as isotope effects or isotope
fractionations. We distinguish kinetic and thermodynamic (equilibrium) isotope effects
depending on the mechanisms that lead to isotope fractionations i.e. photolysis, fast
chemical reactions or thermodynamic equilibrium processes. By identifying the type
and magnitude of isotope fractionation in different reservoirs and reactions, scientists can study in detail physico-chemical processes in nature. Exciting applications
of stable isotope research in earth science include terrestrial atmospheric and bio-
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genic evolution, paleo climatology, solar system origin models and the present day
atmosphere (Thiemens 2013).
The isotopic composition of a species is usually reported in delta notation as relative
isotopic enrichment of a sample to a reference material (Eq. 1.6) and expressed in
units of per mill (h)

 n
Rsa
n
− 1 × 1000h
(1.6)
δ= n
Rre f
where n R is the isotopic abundance ratio of molecular or atomic species of mass n
to the related molecular or atomic species of the most abundant mass e.g. 13 R =
13
C / 12 C, 17 R = 17 O / 16 O or 45 R = 45 CO2 / 44 CO2 . Commonly used reference materials for oxygen isotopes are Vienna Standard Mean Ocean Water (VSMOW), Vienna Pee Dee Belemnite (VPDB) and molecular oxygen and for carbon Vienna Pee
Dee Belemnite (VPDB) (Gat and DeBievre 2002; Stichler et al. 1995)
The fractionation factor (α) and the fractionation constant (") are used to describe
the relative difference in isotopic composition of a certain element in two substances
e.g., sample and reference material, vapour and liquid, or reactant and product. Equation 1.7 describes the correlation between the isotopic abundance ratio (in terms of
isotope ratios and delta values), the fractionation factor and the fractionation constant for 17 O isotope measured in an atmospheric sample relative to a standard material.
17

Rsa
17 R
st d

17

=

δsa + 1
=
st d + 1

17

17 δ

αsa/st d =

17

"sa/st d + 1

(1.7)

Because the relative enrichments are very small quantities ( 1) taking logarithm
of the Eq. 1.7 results in
ln(17 δsa + 1) − l n(17 δst d + 1) = l n17 αsa/st d
≈
1.5.1

17

δsa −17 δst d =

17

"sa/st d

(1.8)

Stable isotopologues of carbon dioxide

Diversity in stable carbon and oxygen isotopes (12 C, 13 C, 16 O, 17 O and 18 O) results in twelve possible stable isotopic variants of CO2 . Molecules that differ only in
their isotopic composition are called isotopologues. The twelve stable isotopologues
of CO2 together with their natural abundance are listed in Table 1.1. The three isotopologues with the highest abundance: 12 C16 O16 O, 13 C16 O16 O and 12 C18 O16 O are
generally available for high precision isotope ratio mass spectrometry. In recent years,
measurement of the most abundant double substituted species at mass 47 has also
been realized at high precision (Affek and Yakir 2014; Eiler and Schauble 2004), but
in this thesis we deal only with single substituted isotopologues.
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Table 1.1: Isotopologues of CO2 (Eiler and Schauble 2004)

Molecular masses
44
45

Isotopologue

Abundance fraction of CO2

CO2

12 16

16

98.4 %

CO2

13 16

16

1.1 %

12 17

16

0.076 %

12 18

16

0.41 %

13 17

16

0.85 ppm

12 17

17

150 ppb

13 18

16

C O O

C O O

C O O

46

CO2

C O O

C O O

C O O

47

CO2

C O O

12 17

C O18 O

13 17

C O17 O

48

CO2

1.5.2

CO2

1.6 ppb

12 18

18

4.3 ppm

13 17

18

18 ppb

13 18

18

49 ppb

C O O

C O O

49

46 ppm
1.6 ppm

C O O

Mass-dependent and mass-independent fractionation

Isotope fractionations in many natural processes are expected to scale with mass,
because many of the underlying chemical and physical quantities such as vibrational
constants, zero point energies or diffusion speeds depend on mass. Equation 1.9
describes the linear approximation of the mass-dependent relationship between three
stable oxygen isotopes.
δ17 O = λ × δ18 O

(1.9)

A widely used approximation of the value of λ in this linear approximation for massdependent processes is 0.52. However, the theoretical range of λ ranges from 0.501
to 0.531 depending on the chemical process and the molecule involved (Kaiser 2008;
Thiemens 2013). For example Meijer and Li (1998) reported λ of 0.5281 ± 0.0015
(standard error) based on measurements of waters from diverse locations, Miller
(2002) reported λ close to 0.5247 for numerous terrestrial silicates, Hofmann et al.
(2012) reported λ of 0.522 ± 0.002 for CO2 /water equilibration. Processes that lead
to λ strongly different from 0.52 are known as anomalous fractionations. Anomalous
isotope effects were first discovered in meteoric material and attributed to stellar
nucleosynthesis. The λ reported for this extra-terrestrial material was close to unity
(Clayton et al. 1973). A decade later, Heidenreich III and Thiemens (1983) reported
a non-mass-dependent isotope effect in ozone that was produced in the laboratory
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by electric discharge. Later the same year (1983), the authors referred to a novel
isotope effect as mass-independent fractionation (Thiemens and Heidenreich 1983).

Figure 1.2: Three-isotope plot for atmospheric species containing oxygen. The δ17 O is plotted
versus δ18 O both relative to the international standard VSMOW. Graphics adopted
from Brenninkmeijer C. A. M. (2009).

Figure 1.2 shows a correlation plot of δ17 O vs. δ18 O, often referred to as the threeisotope plot. The general approximation of the mass-dependent relationship for the
oxygen three-isotope system is represented in the figure by the mass-dependent fractionation line with a slope of 0.52. The correlation is widely used to discuss the
17
O anomalies in atmospheric species containing oxygen because the positive, vertical deviations (∆17 O > 0) from the mass-dependent fractionation pattern indicate
mass-independent (or non-mass-dependent) oxygen isotope enrichments. The ∆17 O
value in a linear approximation is defined as:
∆17 O ≡ δ17 O − λ × δ18 O

(1.10)

However, other definitions are also in use (Assonov and Brenninkmeijer 2005; Kaiser
2008):
∆17 O ≡ 1 + δ17 O − (1 + δ18 O )λ
∆17 O ≡

1 + δ17 O
−1
(1 + δ18 O )λ

(1.11)

(1.12)
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∆17 O ≡ l n(1 + δ17 O ) − λ × ln(1 + δ18 O )

(1.13)

The choice of the ∆17 O definition and λ coefficient in the above equations is in
principle arbitrary, and care must be taken to use the same mathematical equations
when comparing results from different studies.
1.6
1.6.1

T H E I S O T O P I C C O M P O S I T I O N O F C O 2 I N T H E AT M O S P H E R E

CO2 in the troposphere

Investigation of the stable isotopic composition of atmospheric CO2 is important for
studying the carbon cycle because isotope information can be used as a tracer for
sources and sinks of this important greenhouse gas in the atmosphere (Affek and
Yakir 2014; Keeling 1961). Carbon dioxide is chemically inert in the troposphere, nevertheless, it can exchange isotopes with water in plants, soils and in the oceans. The
δ13 C and δ18 O values of atmospheric CO2 exhibit the seasonal cycle. When plants
grow, the preffered assimilation of 12 CO2 by plants results in enrichment of δ13 C
signature in the atmosphere. When plants decompose, the light carbon is returned
to the atmosphere and δ13 C signature decrease again. The seasonal cycle of δ13 C
varies with latitude, reflecting the latitudinal variations in terrestrial biosphere and
atmospheric mixing processes. At high latitudes in the northern hemisphere the amplitude of the seasonal δ13 C cycle is about 0.8 h, while at the South Pole is only 0.05
h (Affek and Yakir 2014). The anthropogenic input from fossil fuel burning leads
to an isotopic depletion of the atmospheric reservoir and dominates the long-term
trends in CO2 and δ13 C. Before the industrial revolution, δ13 C of our atmosphere
was approximately -6.5 h vs. VPDB, the current atmospheric δ13 C level is around
-8 h (Assonov et al. 2010).
δ18 O of CO2 is sensitive to the processes by which the land biota absorbs and
respires CO2 because CO2 exchanges oxygen isotopes with water (i.e. at the ocean
surface, in soils and in the stomata of plants). The oxygen isotope exchange between
CO2 and water in plants during photosynthesis largely determines the δ18 O signature
of tropospheric CO2 (Affek and Yakir 2014). Water in leaves is generally enriched in
δ18 O relative to soil water because H2 18 O evaporates more slowly from leaves than
H2 16 O (Farquhar et al. 1993). The enzyme carbonic anhydrase facilitates the CO2
- H2 O oxygen isotope exchange rate in chloroplasts. About 1/3 of atmospheric CO2
entering leaves is assimilated and the rest 2/3 diffuses back out with a modified δ18 O
value (Affek and Yakir 2014). Precise measurement and scientific interpretation of
this difference allows identification of CO2 sources and sinks from land ecosystem
and estimation of the gross primary productivity (Ciais et al. 1996; Farquhar et al.
1993). The fossil fuel emissions have a relatively small influence on δ18 O signal on
the global scale, because CO2 from fossil fuel combustion has an oxygen isotope
composition close to atmospheric oxygen.
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T H E I S O T O P I C C O M P O S I T I O N O F C O 2 I N T H E AT M O S P H E R E

CO2 in the stratosphere

Measurements of CO2 in the stratosphere by Alexander et al. (2001); Boering et al.
(2004); Kawagucci et al. (2008); Lämmerzahl et al. (2002); Thiemens et al. (1995a)
and Wiegel et al. (2013) have revealed strong, mass-independent enrichments of
the heavy oxygen isotopes in CO2 . Mass-independent triple oxygen-isotopic fractionation processes result in a non-zero value of ∆17 O. (Thiemens et al. 1995a) first
reported a three-isotope slope of ∼ 1.2 for the high-altitude (30 - 60 km) dataset
from New Mexico (30◦ N). The three-isotope slope for the low-stratospheric (12 - 21
km) balloon air samples of Alexander et al. (2001) collected inside polar vortex on
February 1997 near Kiruna is within the 1.5 - 1.6 range. Lämmerzahl et al. (2002)
reported a very tight relationship of δ17 O t r op−CO2 = (1.71 ± 0.03) × δ18 O t r op−CO2
in a joined dataset of high-altitude (18 - 33 km) balloon samples from Kiruna (68◦ N)
and Aire-sur-l’Adour (44◦ N). A least-squares regression analysis of stratospheric and
upper-tropospheric air samples from Sanriku (39◦ N) and Kiruna (Kawagucci et al.
2008) showed a slope of 1.63 ± 0.10, within the measurement error of Lämmerzahl’s
value. Most recently, Wiegel et al. (2013) reported balloon and airplane samples that
exhibit a three-isotope slope of 2.22 ± 0.07 for the Arctic vortex and 1.95 ± 0.05 in
the non-vortex and mid latitude region.
The accumulation of heavy oxygen in stratospheric CO2 is largely controlled by
the abundance of O(1 D) which is produced by UV photolysis of O3 (Eq. 1.14 - 1.16).
The mechanism was first proposed by Yung et al. (1991) and later extended with a
non-quenching exchange channel by Perri et al. (2003) (Eq.1.17).
O3 + hν → O (1 D ) + O2

(1.14)

O (1 D ) + CO2 → CO3∗

(1.15)

CO3∗ → CO2 + O (3 P )

(1.16)

CO3∗ → CO2 + O (1 D )

(1.17)

The triple oxygen isotope composition of stratospheric CO2 integrates the photochemical processing of CO2 in the stratosphere and is therefore an integrating tracer
for stratospheric photochemistry. Possible variations in the precise value of the enrichment, or alternatively the three-isotope slope may therefore contain interesting
information about stratospheric chemistry and transport processes.
Ozone itself is known to possess an unusually strong and mass independent oxygen
isotope signature. The production of ozone in the stratosphere is initiated by the dissociation of molecular oxygen, followed by a reaction of the oxygen atoms with the
molecular oxygen in the presence of a third body. The anomalous isotope effects occur
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in the chemical processes of ozone formation. The δ17 O(O3 ) and δ18 O(O3 ) enrichments of O3 are of the order of 100 h relative to air O2 (Brenninkmeijer et al. 2003;
Schueler et al. 1990; Thiemens 2013) and even higher enrichments were measured
with the optical techniques on stratospheric balloons (Haverd et al. 2005). These
enrichments originate from unusually strong variations in isotope specific rate coefficients for O3 formation reactions (Janssen et al. 2003; Mauersberger et al. 1999).
Although heavy oxygen isotope transfer from O3 to CO2 via the above reactions
is firmly established and has been studied in numerous investigations (Chakraborty
and Bhattacharya 2003; Johnston et al. 2000; Perri et al. 2003; Shaheen et al. 2007;
Wen and Thiemens 1993; Yung et al. 1991), it is still debated whether additional
(mass dependent and/or mass independent) isotope fractionation processes affect
the O atom transfer from O(1 D) to CO2 . In addition, Liang et al. (2007) mentioned
the importance of oxygen photolysis by solar Lyman-α radiation in the mesosphere
as additional source of O(1 D) which is expected to be 10 - 100 times more enriched
in 17 O and 18 O than O(1 D) from O3 photo-dissociation in stratosphere.
1.6.3

Stratosphere-troposphere exchange

The main sink process for isotopically enriched CO2 that is produced in the stratosphere, is in the lower atmosphere through interaction with other reservoirs and
the isotope exchange with mass-dependently fractionated water. Hoag et al. (2005)
suggested that the 17 O anomaly of tropospheric CO2 could be used as a tracer of
terrestrial gross carbon fluxes between atmosphere and biosphere using a 2 box
model. Thiemens et al. (2014) reported the presence of an anomalous oxygen isotopic composition (∆17 O t r op > 0) in tropospheric CO2 relative to a mass dependent
fractionation line with slope λ = 0.522. They reported decrease in ∆17 O t r op from a
steady state value of (0.08 ± 0.04) h to (0.02 ± 0.02) h between 1997 and 1999,
a period that was characterized by a large positive El Nino anomaly. Hofmann et al.
(2017) reports global average ∆17 O in tropospheric CO2 of 0.06 ± 0.03 h based
on revised mass balance calculations with Monte Carlo techniques and relative to a
mass-dependent fractionation line with slope λ = 0.5229. The model calculations
and measurements of ∆17 O confirmed that ∆17 O(CO2 ) t r op is sensitive to the gross
primary productivity and that the signal exhibits seasonal variations. When expressed
relative to MDF line with a slope of 0.528 the ∆17 O t r op the global average ∆17 O of
tropospheric CO2 = -0.14 ± 0.03 h.
The stratospheric CO2 anomaly also affects the oxygen reservoir on earth. As described above, the CO2 in the stratosphere becomes anomalously enriched via the
CO2 - O(1 D) - O3 isotope exchange process, where the O3 originates from oxygen.
The oxygen that is produced by pants during photosynthesis dilutes the anomalous
signal produced in the stratosphere (Luz et al. 1999). The magnitude of resulting
∆O2 signal in the troposphere depends on the isotope transfer reaction, biospheric
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productivity, photosynthesis and respiration. Therefore measurements of ∆O2 can
be used as a tracer of global bioproductivity (Luz et al. 1999).
Finally, the enriched stratospheric CO2 correlates with other, long-lived tracers
present in the stratosphere such as SF6 , N2 O, CFC-11 and CFC-12 (Alexander et al.
2001; Boering et al. 2004). Tracer interrelationships provide information on photochemistry and stratospheric-tropospheric transport paterns (Plumb 2007).
1.7
1.7.1

E X P E R I M E N TA L T E C H N I Q U E S

Isotope ratio mass spectrometry

Precise analytical measurements by mass spectrometry allow to quantify isotope effects in many important molecules present in the terrestrial atmosphere. Gas isotope
ratio mass spectrometers (IRMS) most generally operate by ionizing the sample of interest by a hot filament in a low-pressure chamber. Next, the ions are accelerated and
focused by charged plates into an ion beam. The resulting stream of ions enters the
magnetic sector where the electromagnetic field alters the path of the ions according
to their mass-to-charge ratio (m/z). Beams with lighter ions bend at a smaller radius
than beams with heavier ions. Multiple ion detectors collect the separated beams,
which are then measured as the amplified current. Figure 1.3 shows a schematic of
an isotope-ratio mass spectrometer with CO2 ion beam trajectories.

Figure 1.3: Isotope ratio mass spectrometer for measurement of CO2 .

Because the isotope ratios are usually reported relative to an international standard
(Eq. 1.6) a reference gas has to be measured before or/and after the gas sample. According to the identical treatment principle (Werner and Brand 2001) the sample and
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the reference should go through the same analytical procedure. There are two well
established measurement configurations in stable isotope ratio mass spectrometry: a
dual inlet configuration and a continuous flow configuration (see Figure 1.4). A dual
inlet system consists of two pressure adjustable bellows and the valves that allow
alternation between them. The bellows contain a reference gas and a sample gas,
respectively. To calculate the isotopic composition of the sample gas the ion currents
from both gases are measured separately and multiple times. Instrumental precision
of such measurements is very high, often greater than the sample preparation reproducibility. Potential problems associated with this measurement technique are:
requirement of a relatively large sample size (µmol of CO2 ) although only a small
fraction of the gas is actually analyzed, the two inlets might not be perfectly identical
due to impurities or water contamination, fractionation processes can occur in the
system i.e. gas exchange at surface of the bellows. A continuous flow inlet system uses
a carrier gas such as helium to carry the sample gas into the ion source chamber. An
open-split device injects reference gas and sample gas to the mass spectrometer. Continuous flow systems yield lower precision analyses than dual inlet systems, however
permit coupling of a gas chromatography column to the IRMS and allow measurements of much smaller sample size (nanomol of CO2 ).

Figure 1.4: Measurement configurations in isotope ratio mass spectrometry: dual inlet system
for off-line analysis (A) and open split device for on-line applications (B). Adopted
from Werner and Brand (2001)
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Analysis of CO2 isotopes

In case of CO2 the m/z 44, 45 and 46 ion currents are monitored and two independent molecular ratios (45 R and 46 R) are registered. However three independent
isotope ratios (13 R, 17 R and 18 R) contribute to the molecular ratios of CO2 . The
most important complication is that the isotopologues 13 C16 O16 O and 12 C17 O16 O interfere at m/z 45 (see Table 1.1). To derive the desired elemental isotope ratios from
molecular ratios, an additional equation is needed. For mass-dependent processes
the correlation between 17 O and 18 O can be used for that purpose. 17 R and 18 R are
related by the following relationship:
45

46

R = 217 R +13 R

(1.18)

R = 218 R + 217 R13 R + (17 R)2

(1.19)

R = K (18 R)λ

(1.20)

17

where K defines the 17 O/18 O ratio of the reference material, K = 17 RRM × (18 RRM ) −λ .
Substituting Eg. 1.20 into Eq. 1.18 and 1.19 eliminates the 17 R variable and 18 R can
be derived from the combination of Eq. 1.18 and 1.19 by numerical solution of the
equation:
−3K 2 (18 R)2λ + 245 R(18 R)λ + 218 R −46 R = 0

(1.21)

When 18 R is known, 17 R can be calculated from the mass-dependent relation (Eq.
1.20) and finally 13 R is calculated as:
13

R =45 R − 217 R

(1.22)

However for the atmospheric species that do not follow the mass-dependent fractionation laws (e.g. stratospheric CO2 ), this method does not apply. The 13 R needs to
be determined independently and two independent approaches have been developed
to eliminate the missing parameter:
• Conversion of CO2 to O2 . The isotope composition of CO2 is determined directly from IRMS measurements on O2 (33 R and 34 R). These methods are in
general labor-intensive and time-consuming, but can be very precise because
the 13 C interference is effectively removed (Bhattacharya and Thiemens 1989;
Brenninkmeijer and Röckmann 1998)
• CO2 equilibration with a solid oxide that possesses mass-dependently fractionated O2 (Assonov and Brenninkmeijer 2001). The isotope composition
of CO2 is determined from IRMS measurements on CO2 before (45 R pr e and
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46

R pr e ) and after the isotope exchange reaction (45 R post and 46 R post ). The initial ∆17 O(CO2 ) value of the sample is calculated from these measurements
assuming that δ13 C is unaltered by the equilibration reaction (Assonov and
Brenninkmeijer 2001). Since CO2 and N2 O have the same molecular mass,
measurements of CO2 before equilibration require correction for the isobaric
interferences with N2 O (Mook and van der Hoek 1983). The post-equilibration
measurements of CO2 are not affected by this interference because N2 O decomposes in the reaction tube filled with a hot solid oxide.

These analytical techniques for high-precision measurement of the isotopic composition of CO2 are discussed in more detail in the following sections.
1.7.2.1

Conversion of CO2 to O2

Bhattacharya and Thiemens (1989) used BrF5 to convert CO2 into O2 according to
the reaction:
4Br F5 + 5CO2 → 5C F4 + 2Br2 + 5O2

(1.23)

The procedure of measuring oxygen enrichments in CO2 with this method requires
several steps: separation of CO2 from the whole air, fluoration of CO2 , purification
of O2 and mass spectrometric analysis. First the cryogenically separated CO2 reacts
with BrF5 in a Ni tube at 800 °C for 48 h. Then O2 is collected on a molecular sieve
at -120 °C. Next, the resulting O2 is measured on the IRMS. Finally, the δ17 O and
δ18 O values can be determined from 33 R and 34 R according to Eq. 1.24 and 1.25.
33

34

R = 217 R

(1.24)

R = 218 R + (17 R)λ

(1.25)

Bhattacharya and Thiemens (1989) reported an uncertainty of 0.1 h for both, δ17 O
and δ18 O measurements with this technique. Nevertheless, the technique also has
several problems. First, BrF5 is a very toxic substance that is difficult to obtain and
dangerous to work with. Second, the whole procedure takes few days and analyzing
multiple samples may require months.
Brenninkmeijer and Röckmann (1998) used a two-step method to produce O2 . In
the first step CO2 reacts with H2 to produce CH4 and H2 O. In the second step H2 O
is fluorinated with F2 to produce O2 and HF.

14

CO2 + 4H2 → C H4 + 2H2 O

(1.26)

H2 O + F2 → O2 + 2H F

(1.27)
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The methanization reaction requires a Ni catalyst to ensure rapid and complete conversion. CO2 reacts with H2 in a reaction tube heated to 600 °C. After 20 min, when
the reaction is complete, the tube is cooled to -80 °C to freeze the H2 O that was
formed. The residual gases (CH4 and H2 ) are pumped away. The F2 - He reagent
mixture (5 % F2 ) is then added to the reactor, which is than heated to 250 °C for
30 min. After reaction, the O2 and HF are extracted from the reactor. Oxygen is
separated from HF and any residual gases via cryogenic and chemical traps, and is
collected on molecular sieve at liquid nitrogen temperature before measurement on
the IRMS. The 33 R and 34 R isotope ratios are used to calculate δ17 O and δ18 O and
∆17 O can be determined with an uncertainty of 0.2 h. Compared to the method
with BrF5 the method with H2 O and F2 - He mixture reagent is faster and greatly
reduces the health and safety risks.
Mahata et al. (2013) recently demonstrated a method where CO2 is isotopically
equilibrated with O2 in a quartz tube containing platinum at 670 °C. The reproducibility of ∆17 O is very high, 0.045h. The method is relatively rapid (the equilibration
reaction takes 2 hours) and clean, however requites samples of about 30 µmole of
CO2 , which is equivalent to 2 L of air.
1.7.2.2 CO2 equilibration with hot solid oxide
Assonov and Brenninkmeijer (2001) developed a technique where a solid oxide (CeO2 )
of known isotopic composition acts as an oxygen isotope exchange medium for CO2 .
To investigate the complete oxygen isotopic composition of CO2 , the isotopic composition of CO2 is measured before and after isotopic exchange with an excess of
mass-dependently fractionated CeO2 . For CO2 isotopologues with molecular mass of
45 the oxygen isotope exchange reaction is:
12

C 16 O17 O + C e16 O16 O →

12

C 16 O16 O + C e16 O17 O

(1.28)

and after the equilibration carbon-dioxide has the isotopic composition of the CeO2
reactant. The method assumes that the 13 C16 O16 O isotopologue of CO2 is not affected by the equilibration reaction. When CO2 - CeO2 equilibration has a recovery
∼ 100 % then the carbon isotopic composition of CO remains unchanged
yield =
2
(13 R pr e = 13 R post = 13 R) and the molecular ratios of 45 R pr e and 46 R pr e can be calculated from Eq. 1.18 and 1.19. The technique was developed in an offline mode. In
consequence the isotope ratios are measured with a Dual-Inlet IRMS and CO2 needs
to be separated cryogenically from the bulk air. The required CO2 sample sizes is 16
to 29 µmol, which is equivalent to 1.0 to 1.8 L of air. The error of ∆17 O associated
with this method is 0.33 h. Mahata et al. (2012) modified the method by including an additional step of gas chromatographic separation of CO2 from N2 O, which
improved the standard deviation to 0.06 h.
Hofmann and Pack (2010) reported a ’reverse’ CO2 equilibration method where
an excess of CO2 equilibrates with CeO2 powder, that is subsequently measured by
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infrared-laser fluorination in combination with continuous-flow IRMS. The technique
allows measurement of ∆17 O in CeO2 powder with a precision of ± 0.05 h and
therefore ∆17 O in carbon dioxide can be determined with a precision of ± 0.05 h.
However, the method requires a CO2 /CeO2 molar ratio > 200 and therefore the main
application for this analytical technique is high-precision analysis of tropospheric
CO2 .
Kawagucci et al. (2005) described the first online method for measuring the isotopic composition of CO2 . In the analytical system the separation of CO2 is automated and CO2 can be measured directly from whole air sample in a 3 h analysis.
Instead of CeO2 powder Kawagucci used CuO as isotope exchange medium. Applying
continuous-flow IRMS allowed reducing the sample size from µmoles to 8.7 nmol of
CO2 for one set of measurements (9 repeat analyses of an air sample). The ∆17 O
values can be determined with precision of 0.35 h.
1.8

THESIS OUTLINE

The triple oxygen isotope composition of stratospheric CO2 (δ17 O, δ18 O and ∆17 O =
δ17 O - λ · δ18 O) is a valuable long-lived tracer for stratospheric chemistry and atmospheric transport processes. In order to measure the anomalous isotopic composition
of CO2 , analytical methods for efficient and precise isotope measurements on small
samples are needed. This thesis contributes to the field by technical development of
such technique and interpretation of oxygen isotope measurements on stratospheric
CO2 collected on different platforms. The scientific chapters of this thesis are related
to the following overarching questions:
• How precisely we can measure all single substituted isotopologues
(12 C16 O17 C, 12 C16 O18 C and 13 C16 O16 C) in nanomolar quantities of CO2 extracted from stratospheric air samples?
• Can the new high-altitude sampling system AirCore be used as inexpensive
platform for providing stratospheric air for 17 O analysis of stratospheric
CO2 ?
• What is the variability in the triple oxygen isotope composition of CO2 in
the stratosphere?
In Chapter 2 we present an online analytical system for measurement of ∆17 O in
CO2 . The design of the system combines the online approach presented by Kawagucci
et al. (2005) with the CO2 equilibration with CeO2 (Assonov and Brenninkmeijer
2001). The method is the first fully automated analytical system that utilizes CeO2
as the isotope exchange medium and allows automated CO2 isotope measurements
on whole air samples of volume 100 mL (and less) in 2.5 h analysis without the
attendance of operator. Figure 1.5 shows a photo of the system.
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Figure 1.5: CF-IRMS system for measurement of ∆17 O in nanomolar quantities of CO2 . The
analytical system was developed at Institute for Marine and Atmospheric research
Utrecht. GC is a gas chromatography column, IRMS is an isotope ratio mass spectrometer, Gas Bench is presented without a metal cover.

Measurements of the oxygen isotopic composition of stratospheric CO2 in the past
have been very expensive. Sampling campaigns with rockets, balloons or aircraft
platforms have to be organized in order to reach the high altitude atmosphere. The
AirCore (Karion et al. 2010), is a new sampling device and a cheaper alternative
for sampling the high altitude atmosphere. The device samples vertical profiles of
the atmosphere in a long piece of coiled, thin stainless steel tubing. In contrast to
aircraft and balloon borne sampling systems, only small air volumes can be collected.
In Chapter 3 we present the Stratospheric Air Sub-sampler (SAS), a device to collect
and to store the vertical profile of air collected with an AirCore sampler, and the
coupling of the SAS to the CF-IRMS analytical system for determining the 17 O excess
of CO2 . The analytical system described in Chapter 2 was adapted for analysis of air
directly from the SAS. Figure 1.6 shows the Stratospheric Air Sub-sampler used for
the CO2 isotope measurements in Utrecht.
In Chapter 4 we report triple isotope slope values of CO2 in stratospheric and
upper tropospheric air samples collected over Kiruna, Sweden in 2011 and over
Sodankylä, Finland in 2014. We discuss the linear extrapolations from previous stratospheric observations, and investigate the sensitivity of the three-isotope slopes of
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Figure 1.6: Stratospheric Air Sub-sampler developed at Institute for Marine and Atmospheric
research Utrecht

our dataset to the choice of the CO2 tropospheric end-member. To investigate variability of the three-isotope slope with the extent of chemical processing in the stratosphere, we analyze the relation between ∆ln17 O/∆ln18 O and N2 O for individual
samples of our study and previously published data of Thiemens et al. (1995a), Alexander et al. (2001), Lämmerzahl et al. (2002), Kawagucci et al. (2005) and Wiegel
et al. (2013).
Finally in Chapter 5 we provide a summary and discussion of the results of the
whole thesis.
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2
CONTINUOUS-FLOW IRMS TECHNIQUE FOR DETERMINING
T H E 17 O E XC E S S O F C O2 U S I N G C O M P L E T E OX Y G E N I S O T O P E
EXCHANGE WITH CERIUM OXIDE

This paper presents an analytical system for analysis of all single substituted isotopologues (12 C16 O17 O, 12 C16 O18 O, 13 C16 O16 O) in nanomolar quantities of CO2 extracted from stratospheric air samples. CO2 is separated from bulk air by gas chromatography and CO2 isotope ratio measurements (ion masses 45/44 and 46/44) are
performed using isotope ratio mass spectrometry (IRMS). The 17 O excess (∆17 O)
is derived from isotope measurements on two different CO2 aliquots: unmodified
CO2 and CO2 after complete oxygen isotope exchange with cerium oxide (CeO2 )
at 700 °C. Thus, a single measurement of ∆17 O requires two injections of 1 mL of
air with a CO2 mole fraction of 390 µmol mol−1 at 293 K and 1 bar pressure (corresponding to 16 nmol CO2 each). The required sample size (including flushing) is
2.7 mL of air. A single analysis (one pair of injections) takes 15 minutes. The analytical system is fully automated for unattended measurements over several days. The
standard deviation of the 17 O excess analysis is 1.7 h. Multiple measurements on
an air sample reduce the measurement uncertainty, as expected for the statistical
standard error. Thus, the uncertainty for a group of 10 measurements is 0.58 h for
∆17 O in 2.5 h of analysis. 100 repeat analyses of one air sample decrease the standard error to 0.20 h. The instrument performance was demonstrated by measuring
CO2 on stratospheric air samples obtained during the EU project RECONCILE with
the high-altitude aircraft Geophysica. The precision for RECONCILE data is 0.03 h
(1σ) for δ13 C, 0.07 h (1σ) for δ18 O and 0.55 h (1σ) for δ17 O for a sample of
10 measurements. This is sufficient to examine stratospheric enrichments, which at
altitude 33 km go up to 12 h for δ17 O and up to 8 h for δ18 O with respect to tropospheric CO2 : δ17 O ≈ 21 h Vienna Standard Mean Ocean Water (VSMOW), δ18 O ≈
41 h VSMOW (Lämmerzahl et al. 2002). The samples measured with our analytical
technique agree with available data for stratospheric CO2 .
This chapter has been published as:
D. J. Mrozek, C. van der Veen, M. Kliphuis, J. Kaiser, A. A. Wiegel, and T. Röckmann: Continuousflow IRMS technique for determining the 17 O excess of CO2 using complete oxygen isotope exchange with cerium oxide, Atmos. Meas. Tech., 8, 811-822, doi:10.5194/amt-8-811-2015, 2015.
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Isotopic studies of carbon dioxide (CO2 ) play an important role in understanding the global
carbon cycle (Ciais et al. 1996; Farquhar et al. 1993; Trolier et al. 1996). CO2 is the end product
of the carbon oxidation processes in the atmosphere and is chemically inert in the troposphere
and stratosphere. Nevertheless, it can exchange oxygen isotopes with liquid water (e.g. the
oceans) and in plants via the enzyme carbonic anhydrase (Farquhar et al. 1993; Trolier et al.
1996). These exchange processes largely determine the oxygen isotope composition of CO2
in the troposphere. Measurements of stratospheric and mesospheric samples, however, reveal
strong enrichments of the heavy oxygen isotopes in CO2 (Alexander et al. 2001; Boering et al.
2004; Kawagucci et al. 2008; Lämmerzahl et al. 2002; Thiemens et al. 1995a;b; Wiegel et al.
2013). These oxygen isotope enrichments derive from isotope exchange of CO2 with O(1 D)
via a short-lived CO∗3 intermediate (Liang et al. 2007; Perri et al. 2003; Yung et al. 1991)
The isotope delta (δ ) represents the relative isotope ratio difference of a sample to a reference material, e.g. δ ( n O / 16 O, sample/reference) = R( n O / 16 O, sample) / R( n O / 16 O, reference) −1. n O stands for 17 O or 18 O. R is the isotopic abundance ratio, e.g. x (17 O) / x (16 O)
or x (18 O) / x (16 O). Usually, δ values are reported in h. Here, we also use the abbreviated
notations δ n Osample / reference or n δsample / reference and omit the subscript index where not required. For oxygen isotopes, the international reference materials are Vienna Standard Mean
Ocean Water (VSMOW), Vienna Pee Dee Belemnite (VPDB) and atmospheric O2 .
Most isotope fractionation processes are mass dependent because they arise from differences in chemical and physical properties that depend on mass such as vibrational zero point
energies. For mass dependent fractionation processes, variations in 17 O and 18 O are closely
linked via the relationship 1 + δ17 O = (1 + δ18 O)λ , with λ between 0.501 and 0.531 (Kaiser
2008). Where δ17 O deviates from this relation between δ17 O and δ18 O, the deviation can be
expressed as 17 O excess, here defined as ∆17 O = [1+δ17 O] / [1+δ18 O]λ − 1. Other definitions are also in use (Kaiser et al. 2004).
The isotopic composition of CO2 can be determined by isotope ratio mass spectrometry
(IRMS), measuring the ion currents for the isotopologues with mass 44, 45 and 46. A significant
complication is that three isotope ratios (17 O / 16 O, 18 O / 16 O and 13 C / 12 C) contribute to
these masses, but only two ion current ratios are measured (45 / 44 and 46 / 44). For example,
17
O- and 13 C-substituted CO2 cannot be distinguished by isotope ratio mass spectrometry
since mass 45 consists of both 13 C16 O2 and 12 C17 O16 O. Traditionally, the approach has been
to assume a mass-dependent relationship between δ17 O and δ18 O, effectively eliminating
one unknown isotope ratio. However, this does not work for atmospheric trace gases that do
not follow mass-dependent fractionation laws. In these cases, measurements of δ17 O actually
provide additional information, but independent determination of δ 17 O and δ18 O in CO2 is
not straightforward.
One possibility is to convert CO2 to O2 and to determine δ17 O by measuring the 33 / 32
ion current ratio. Several different conversion methods have been developed (Barkan and Luz
2012; Brenninkmeijer and Röckmann 1998; Thiemens et al. 1991).
One possibility to determine δ17 O, is by measuring the 33 / 32 ion current ratio of O2
originated from CO2 . Following this approach several methods have been developed: Bhattacharya and Thiemens (1989) converted CO2 to O2 by reacting it with BrF5 ; Brenninkmeijer
and Röckmann (1998) used conversion of CO2 into CH4 and H2 O by reaction with H2 ; in a
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second step they fluorinated the H2 O with F2 to produce O2 and HF; Barkan and Luz (2012)
equilibrated CO2 with H2 O and used water fluorination to produce O2 . These methods are
labour-intensive and time-consuming, but can be very precise because the 13 C interference is
effectively removed.
Assonov and Brenninkmeijer (2001) developed a technique where a hot metal oxide acts
as an oxygen isotope exchange medium for CO2 . To investigate the complete oxygen isotopic
composition of CO2 , the isotopic composition of CO2 is measured before and after isotopic
exchange with oxygen from a solid oxide (CeO2 ) of known isotopic composition (Assonov
and Brenninkmeijer 2003; Kaiser 2008). This technique was developed as an offline analytical
technique where the isotope ratios are measured with dual-inlet IRMS. The CO2 sample sizes
were 16 to 29 µmol, equivalent to 1.0 to 1.8 L of tropospheric air. The standard deviation for
∆17 O was 0.33 h. Mahata et al. (2012) modified the method by including an additional step
of gas chromatographic separation of CO2 from N2 O, which improved the standard deviation
to 0.06 h.
Kawagucci et al. (2005) described the first online method for measuring the isotopic composition of CO2 . In contrast to Assonov and Brenninkmeijer, Kawagucci used CuO as isotope exchange medium instead of CeO2 . Applying continuous-flow IRMS allowed reducing the sample
size from micromoles to 8.7 nmol of CO2 for one set of measurements (9 repeat analyses of
an air sample), the standard deviation for ∆17 O of one set was 0.35 h.
Instead of isotope exchange with a solid oxide, Mahata et al. (2013) recently described a
technique where CO2 is isotopically equilibrated with O2 gas in the presence of hot platinum
wire. The O2 can then be analysed without 13 C interference. High measurement precision
(0.045 h for ∆17 O) was obtained for 20–30 µmol CO2 , corresponding to an air sample of 2 L
volume.
In this paper we present a new system that combines the fast and highly effective oxygen
isotope exchange with CeO2 (Assonov and Brenninkmeijer 2001) and the online design by
Kawagucci et al. (2005). The approach involves measurement of two CO2 aliquots (first directly, and then after complete isotope exchange with CeO2 ) in 15 min for a single run. Since
our analytical system is fully automated, the method is not labour-intensive. The injection
loop volume determines the sample size. Usually, we inject two aliquots of 1 mL each of an
unknown air sample. Using this system, we measured the triple oxygen isotope composition
of three stratospheric CO2 samples obtained during the EU project RECONCILE.
2.2
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The skeleton of the analytical system is a combination of three 6-port 2-position Valco valves
(VICI, model C6UWM), which direct the sample through different parts of the system (Fig.
2.1). Valco valve number 1 (V1) is used to flush and fill the 1 mL-sample loop with sample
air and inject the sample into the extraction and conversion part of the system. After gas
chromatography (GC) separation of CO2 from the bulk air, Valco valve number 2 (V2) directs
CO2 either through the oxygen isotope exchange unit or bypasses it. Valco valve number 3 (V3)
comprises a loop with a cold trap to collect the isotopically equilibrated CO2 before directing
it into the IRMS. The connections between different sections of the system are made of fused
silica capillary tubing (320 µm internal diameter (i.d.) / 430 µm outer diameter (o.d.), SGE
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Figure 2.1: Schematic set-up of the analytical system (black) with the gas supply system (red). The sample injection unit (shown in detail in
Fig. 2.2) contains a multiport valve (MPort), mass flow controller (MFC), Valco valve 1 (V1) and is used to inject 1 mL of sample
air into the analytical system. The gas chromatography column (GC) separates CO2 from the rest of sample air. V2 injects the first
CO2 aliquot to the CeO2 oven and the second straight to IRMS; V3 provides the possibility to collect isotopically equilibrated CO2
in a liquid nitrogen trap. The 1 mL volume after the trap is used to broaden the peak without providing a flow restriction. The CO2
peaks are injected into the IRMS through an open split interface. Crossed circles are valves.
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Figure 2.2: Schematic setup of the sample injection unit. From left: multiport valve (MPort),
sample air canisters (SA1 and SA2), reference air ports, pressure sensor, an automated vent valve, mass flow controller (MFC-injection) and Valco V1 with 1 mL
sample loop. All injection lines are 1/8 inch stainless steel tubes. Sample injection
is fully automated. Crossed circles above the air sample flask are valves.

Analytical Science) whereas lines in the sample injection part (see below) are made of 1/8 inch
o.d. stainless steel (SS). The mass flow controllers together with V1, V2 and V3 are assembled
on a SS plate. A metal cover protects the whole construction and capillaries from temperature
variations.
The five subunits of the system will be described in the following sub-sections: an automated
air sample injection system (Sect. 2.2.1), the CO2 separation unit (Sect. 2.2.2), the oxygen
isotope exchange unit (Sect. 2.2.3), the post-CO2 peak focusing unit (Sect. 2.2.4) and the mass
spectrometer (Sect. 2.2.5). All parts of the analytical system (except for the sample injection
system) are continuously flushed with helium (He) carrier gas (99.99 % purity; Air Products).
Three mass flow controllers (MFCs; MKS Instruments) control the gas flow in the system: MFCinjection controls sample air flow in the sample injection unit, MFC-GC provides a stable He
flow in the CO2 separation unit, and MFC-oven controls He flow in the isotope exchange unit.
2.2.1 Automated sample injection
Following the "identical treatment principle" (Werner and Brand 2001) the automated sample
injection system allows isotope analysis of atmospheric samples against air from a reference
air cylinder in one measurement cycle (Fig. 2.2). MPort, a multiport eight-position Valco valve,
forms the core of the sample injection unit. Ports 1 and 5 are connected to the reference air
cylinder and sample bottles (SA1, SA2) are connected to ports 3 and 7. Ports 2, 4, 6 and 8 are
capped to avoid gas mixing in the lines; they are used as STOP positions in between measurements. Note that this could also be realized in principle with a 4-port-8-position valve or be
extended to an 8-port-16-position valve where the stop positions are already manufactured
into the valve.
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In the setup described here, we need to provide air samples at an overpressure of 1.4 bar because of the mass flow controller (MFC injection). After the automated sample injection unit,
the pressure in the analytical system corresponds to ambient pressure. The pressure sensor
(Sensor Techniques) monitors the gas pressure in the injection line (1–5 bars), and the MFCinjection controls sample gas flow to a flow rate of 1.0 mL min−1 during sample loop loading
and zero flow during intermediate times in order to limit sample consumption. The selected
air sample fills the sample loop and enters the gas chromatography column by switching V1.
For ambient pressure, we use a sample loop of 1 mL, and the loop is filled to ambient pressure. Each complete isotope analysis requires two separate air injections. The first aliquot is
subsequently isotopically equilibrated with oxygen from CeO2 ("PostCO2 "), and the second
aliquot is measured directly ("PreCO2 ").
It is important to avoid gas mixing in the injection lines between two air samples introduced
to the system through MPort. Therefore, an automated vent is used to clean the injection
lines between different air samples. To avoid gas mixing in the injection lines we use a twostep procedure. First, after the last measurement of a certain air sample or reference air, the
MPort valve switches to a STOP position and the SS injection lines are depressurized by shortly
opening the automated vent valve. Second, the MPort valve switches to the new air flask and
the inlet system together with a sample loop in V1 (in position LOAD) is flushed at higher flow
rate with the new sample. After this flushing step the protocol described in Sect. 2.3.2 applies.
In order to improve analytical precision, multiple measurements (usually 10) are performed
on one air sample. For a sample of 10 measurements only 30 mL of the sample air (corresponding to 480 nmol of CO2 ) is used.
2.2.2 CO2 separation from air
CO2 is separated from the air and residual gases (N2 , O2 , Ar, N2 O and hydrocarbons) on a gas
chromatography (GC) capillary column (PoraPLOT Q 25 m × 0.53 mm, Varian) maintained at
40 °C, with helium as carrier gas. At a flow rate of 4 mL min−1 , the air peak (mainly N2 and
O2 ) elutes at 120 s after the sample injection, CO2 at 160 s and N2 O at 190 s. The non-CO2
gases leave the analytical system either through the open split capillary or through the vent in
V3 (depending on whether V3 is in position LOAD or INJECT). The separated CO2 aliquot is
directed either to the oxygen isotope exchange unit or to the IRMS.
2.2.3 Oxygen isotope exchange unit
Following Assonov and Brenninkmeijer (2001), we use solid cerium (IV) oxide (CeO2 ) to exchange oxygen atoms with CO2 . For our experiments, we use high purity CeO2 powder (Merck,
#102263). The powder is crushed in a mortar, and the size fraction of 0.25–0.5 mm is selected to fill a quartz glass reaction tube (1.4 mm i.d., 3.0 mm o.d., 300 mm length). Scanning
microscopy elemental composition scans performed at the Institute of Non-Ferrous Metals in
Gliwice, Poland, showed no presence of sulfur on the CeO2 grains. Therefore, unlike Assonov
and Brenninkmeijer (2001), we did not attempt to eliminate sulfate impurities from CeO2
by high temperature treatment. The quartz tube is filled up manually with 1.000 ± 0.050 g
(6 mmol) of the CeO2 powder and capped from both sides with quartz wool, preventing CeO2
grains from entering other parts of the system. The reaction tube is placed in a tube furnace
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regulated by a temperature controller. We refer to this assembly as the “CeO2 oven”. The isotope exchange reaction proceeds at high temperature (700 °C) and is fast and highly efficient.
However, the CeO2 oven presents an additional flow resistance, so therefore the MFC-oven
provides He with higher head pressure so that a flow rate of 20 mL min−1 is reached. Before
the first use, the CeO2 exchange reagent is preconditioned with oxygen gas, see Sect 2.3.1.
For this, we supply O2 manually via opening an oxygen gas line with a needle valve placed
before the MFC-oven. Mixed He / O2 gas flushes the oven and leaves the analytical system via
the vent in V3.
2.2.4 Collection of CO2 after isotope exchange
The isotopically equilibrated CO2 peak is strongly broadened after passing through the CeO2
oven and needs to be refocused before entering the isotope detection unit in our analytical
system. Therefore, after the isotope exchange reaction, the equilibrated CO2 is collected on a
U-shaped tube (1/8 inch SS, L = 500 mm) immersed in a liquid nitrogen (LN2 ) bath. After
complete collection, the trap is lifted up above the LN2 level; CO2 is released and is flushed
further to V3 with He. The cryogenically focused peak is very sharp, and an empty 1 mL SS
volume is placed before V3 in order to broaden the peak so that the PreCO2 and PostCO2 peaks
appear on chromatogram with similar intensity. We have found that keeping the level of liquid
nitrogen in the LN2 dewar constant improves system reproducibility. In our system a constant
level is provided by a microdosing liquid nitrogen pump (NORHOF Holland) connected to a
big 50 L dewar, which is sufficient to keep measurements running for three days.
2.2.5 Isotope detection unit and isotope ratio mass spectrometry
Pre- and post-equilibrated CO2 aliquots are transferred via V3 through a Nafion™ dryer to a
custom-made open split system (Röckmann et al. 2003) and finally detected with an IRMS
(Thermo Fisher Scientific Delta V Advantage). The three molecular ion masses m/z 44, 45
and 46 are measured simultaneously. 45 δ and 46 δ are measured relative to a rectangular
CO2 working reference gas peak. As the instrument software assumes mass dependent oxygen
isotope fractionation, the data reduction is performed separately to derive 13 δ, 17 δ and 18 δ
(see calculation Sect. 2.3).
2.2.6 The laboratory standards
For our measurements we use helium as a carrier gas and two working reference gases: reference CO2 (RefCO2 ) and reference oxygen (RefO2 ). The isotope values for the laboratory
standards are δ13 C(RefCO2 ) = −34.84 h vs. VPDB, δ18 O(RefCO2 ) = 5.20 h vs. VSMOW,
δ17 O(RefO2 ) = 9.33 h vs. VSMOW and δ18 O(RefO2 ) = 19.00 h vs. VSMOW. The isotope
values of RefCO2 were measured at the Department of Earth Science of Utrecht University, the
Netherlands, relative to the calcite reference material NBS-19 (δ18 O = 28.65 h vs. VSMOW;
δ13 C = 1.95 h vs. VPDB). The carbonate was reacted at 70 °C and the oxygen isotopic composition of the RefCO2 was calculated using an acid fractionation factor α (CO2 -calcite) = 1.00871
(Kim et al., 2007). The isotope values of RefO2 were measured in Grenoble (Joël Savarino
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group, Laboratoire de Glaciologie et Géophysique de l’Environnement, Grenoble, France). The
calibration of the O2 gas can be traced back to the original SMOW of H. Craig via the laboratories in Grenoble and UCSD (J. Savarino and M. Thiemens). Due to multiple transfers of the
scale between gas-bottles there may be a small systematic offset to the VSMOW scale, however,
this is not relevant for the data presented here (see Sect. 2.3.1).
2.3

MEASUREMENT PROCEDURE

The measurement routine is fully automated and most items are controlled via the ISODAT
3.0 software (Thermo Fisher). ISODAT controls the positions of the three Valco valves, the
pneumatic lifter of the LN2 trap and the movement of the open split capillaries. The MPort
valve is controlled with a commercial electronic switching unit that can communicate with
ISODAT. The gas flow rate for MFC-injection is controlled via an ISODAT signal that switches
between two set points of the MKS module, type PR4000B. We use a sample flow rate of
1 mL min−1 during sample loop loading and zero flow for intermediate times in order to save
sample. Instead of the MKS modules, we use custom made electronic controllers for MFC-GC
and MFC-oven. For MFC-GC, we use only one of two possible set points and He of 4 mL min−1
flow rate continuously flushes the GC column. For MFC-oven, the two set points for the He
flow are 20 mL min−1 to push the post-equilibrated CO2 through the oven and 6 mL min−1 for
intermediate times.
A single measurement of an unmodified aliquot and a CO2 aliquot after isotope exchange
takes 15 min. The short analysis time and a low sample usage allow injecting multiple aliquots
of the same sample into the analytical system, giving possibility of multiple measurements on
each sample. In 2.5 h of analysis, we can repeat measurement on each air sample 10 times
and improve the analytical precision statistically, see Sect. 2.5.4.
An example of an IRMS chromatogram is shown in Fig. 2.3. PreCO2 is detected between 450
and 500 s (peak number 6 on chromatogram) and PostCO2 is detected between 850 and 900 s
(peak number 10 on chromatogram). The other peaks are the working laboratory reference
CO2 (RefCO2 ) injected to the IRMS via the open split interface.
2.3.1 Preconditioning of CeO2 reagent
Before the first use the CeO2 oven is preconditioned with oxygen gas of constant isotopic
composition. Additionally oxygen cleans the isotope exchange reactant from contaminations
that may occur during tube preparation. To equilibrate the CeO2 powder with oxygen, we open
the needle valve placed before the MFC-oven, allowing O2 to mix into the He flow. We flush the
oven with the He / O2 mixture for 3 h at 600 °C. Next, we close the needle valve and increase
the oven temperature to 700 °C. The CeO2 oven remains under He flow for 1 h, and then the
analytical system is ready to measure atmospheric air samples. As mentioned by Perrichon et al.
(1995) and Assonov and Brenninkmeijer (2001), under long annealing the catalytic behaviour
of CeO2 grains may degrade due to changes in CeO2 surface area. Usually, we oxygenate the
oven every 6 weeks (depending on use) and replace the whole quartz reaction tube with new
CeO2 grains every 5 months.
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Figure 2.3: Example of a typical IRMS chromatogram. Eight square peaks of the working laboratory reference CO2 (RefCO2 ) are injected, and two CO2 peaks of the measured
air sample. Peak number 6 is non-equilibrated CO2 (PreCO2 ). Peak number 10 is
isotopically equilibrated CO2 (PostCO2 ).

The isotopic composition of O2 used for oxygenation is given in Sect. 2.2.6. It is important
to underline that CeO2 is being oxygenated with O2 of non-mass dependently fractionated
O2 and hence the "anomaly" of O2 is further transferred to PostCO2 of each gas measured.
Because of that we cannot calculate delta values of the sample air directly on the VSMOW
scale. Instead, we use measurements of reference air, measured before and after the sample,
to calculate delta values of the sample air relative to the average of reference air. Since both
(reference air and sample air) were equilibrated with virtually the same CeO2 the “anomaly”
cancels out (see Eqs. 2.7 - 2.9). Additionally, knowing isotopic composition of reference air on
the VSMOW scale allows us to calculate δvalues of the sample on the VSMOW scale (see Eq.
2.8).
2.3.2 Single measurement routine
Each Valco valve has two possible positions: LOAD or INJECT. At time zero, V1 is in position
LOAD (sample loop is flushed with sample air), V2 is in position INJECT (main flow bypasses
the oxygen exchange unit), and V3 is in position LOAD (main flow bypasses the LN2 trap). During the first 80 s, sample air fills the sample loop via V1. Next, V1 switches to position INJECT
for 40 s, and the sample air is transferred to the GC column in a He carrier gas (4 mL min−1 ).
CO2 is separated on the GC column from the air and other minor gases such as N2 O (see
below). The air peak starts at 200 s while CO2 starts at 240 s. To direct CO2 through the oxygen isotope exchange unit, V2 switches to position LOAD from 240 to 290 s. At that time, the
purified CO2 has been injected to the CeO2 oven where it is isotopically equilibrated with the
oxygen from CeO2 . The cryogenic trap is immersed in the LN2 bath at 260 s. When V2 switches
back to position INJECT, the He supply is provided by MFC-oven, and the flow rate is increased
to 20 mL min−1 in order to speed up transfer through the CeO2 oven. The equilibrated CO2 is
then directed via V2 and V3 to the cryogenic trap where it is collected. At 835 s, collection of
isotopically exchanged CO2 is complete, the LN2 trap is lifted up, V3 switches to position INJECT, and PostCO2 is transferred via the open split interface to the IRMS. The m/z 44, 45 and
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46 ion currents of PostCO2 are detected between 850 and 900 s with peak intensity around
2500 mV.
While CO2 from the first air injection is transferred through the CeO2 oven and to the
cryogenic trap, the second aliquot of the same sample air is introduced into the analytical
system. This air injection is used for direct isotope measurement of CO2 (PreCO2 ). Similar to
the first injection, the sample loop is flushed with sample air for 80 s (V1 in position LOAD
between 215 and 295 s). At 295 s V1 switches from LOAD to INJECT for 40 s, and the sample
air is transferred to the GC column. After PreCO2 is separated from the air and other minor
gases, it is directed via V2 (INJECT) and V3 (LOAD) to the IRMS. PreCO2 appears on the
chromatogram between 450 to 500 s and with peak intensity around 2500 mV. Since PreCO2
takes a much shorter path through the analytical system and does not require focusing, it is
detected before PostCO2 .
Eight peaks of the working laboratory reference CO2 (RefCO2 ) are injected via the open
split interface during the run. The molecular delta values 45 δ(CO2 ) and 46 δ(CO2 ) of PreCO2
and PostCO2 are calculated by ISODAT relative to the working gas reference peaks. We choose
the CO2 peaks number five and nine in the chromatogram to be our working gas reference
peaks.
2.3.3 Measurement cycle
Full automation of our analytical technique allows measurement of air samples against the reference air in one measurement cycle. This allows monitoring and correcting for daily changes
in the analytical system performance or long-term trends in the system. Our reference air cylinder is filled with tropospheric air collected at the Cabauw tall tower (51.971° N, 4.927° E).
The reference air cylinder is always connected to MPort positions 1 and 5 while the air samples
are connected to positions 3 and 7. We define a measurement cycle as a sequence of measurements in the following order: Reference air – Sample air 1 – Reference air – Sample air 2
– Reference air. There are no significant differences between different ports. Since we repeat
measurements on each port 10 times, the measurement cycle is composed of 50 measurements.
2.4

C A L C U L AT I O N S

We calculate the 17 O-excess in CO2 from the signals on m/z 44, 45 and 46 of CO2 directly
measured on IRMS (PreCO2 ) and CO2 measured on IRMS after equilibration with oxygen
from CeO2 (PostCO2 ). The parameters used for our calculations are from Kaiser and Röckmann
(2008): C =17 Rref / 13 Rref = 0.03516, D =13 Rref · 17 Rref / 218 Rref = 0.001042 and λ =
0.528.
λ describes the mass-dependent relationship between the three oxygen isotopes. The theoretical range for many mass-dependent fractionation processes is 0.501 < λ < 0.531 (but values
outside this range may be attained even for mass-dependent fractionation where 18 α fractionation factor straddles the value of 1). Kaiser (2008) has adopted λ = 0.528 for mass dependently fractionated CO2 samples, as have Assonov and Brenninkmeijer (2003) for their
17
O-correction algorithm. However Hofmann et al. (2012) have shown that for CO2 -water
equilibration λ = 0.522 ± 0.002. This value was supported by Barkan and Luz (2012) who
found λ = 0.5229 ± 0.0001 for the same process. However, as pointed out by Kaiser (2008),
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∆17 O is not a measured quantity and may be reported relative to an arbitrarily chosen massdependent fractionation line. In the absence of an international recommendation with respect
to the preferred definition, any definition should be treated on an equal footing to any other.
Comparing data between laboratories always requires recalculation of ∆17 O from measured
quantities, i.e. δ18 O and δ17 O, and with different λ. For results shown in this paper we define
λ ≡ 0.528 because it has often been used in the past for CO2 triple isotope studies.
Note the calculations of the 17 O-excess in CO2 do not depend on the actual isotope ratios
as demonstrated by Kaiser (2008). Rather, only the quantities


17
17
RVPDBCO2 1 + δ17 Cref/VPDBCO2
Rref


C = 13
=
(2.1)
Rref 13 RVPDBCO2 1 + δ13 Oref/VPDBCO2
and
13

Rref · 17 Rref
218 Rref




13
RVPDBCO2 1 + δ13 Cref/VPDBCO2 · 17 RVPDBCO2 1 + δ17 Oref/VPDBCO2


=
218 RVPDBCO2 1 + δ18 Oref/VPDBCO2

D=

(2.2)

are required, where ref = RefCO2 . The conversion equations from 45 δ and 46 δ of PostCO2
(with respect to working reference CO2 ) to 13 δ, 17 δ and 18 δ can be written in terms of C and
D as follows:


18
δ =46 δ + D (2 + C )46 δ−(2 + 4C )45 δ (1+17 δ ) − (2 − 2C )17 δ +3C 17 δ2
(2.3)
17

λ

δ =(1+18 δ ) −1.

(2.4)

These equations are solved iteratively and typically converge to better than 0.001 h after
three iterations.
13

δ =(1 + 2C)45 δ−2C17 δ

Using 13 δ(PostCO2 ) =13 δ(PreCO2 ), 17 δ(PreCO2 ) is calculated as



1 45
17
δ (PreCO2 ) −45 δ (PostCO2 ) +17 δ (PostCO2 ).
δ (PreCO2 ) = 1+
2C

(2.5)

(2.6)

Then, 18 δ(PreCO2 ) is calculated using Eq. (2.3).
To correct for the daily variability of the system, we monitor isotopic composition of reference air before and after the sample. We calculate δ13 C, δ17 O and δ18 O of the sample (SA)
relative to the average of the reference air (RefAir) following Eq. (2.7). Note Std stands for
international standards.



δSA/RefAir = (δSA/Std +1) (δRefAir/Std +1) −1.
(2.7)
The CO2 in the reference air was calibrated versus international standards at UC Berkeley (group of K. Boering). Three samples of 20 µmol CO2 each, were extracted cryogenically
from the reference air at IMAU laboratory, flame sealed in glass ampoules and shipped to UC
Berkeley. The method of Assonov and Brenninkmeijer (2001) was applied for the isotope ratio
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measurements of CO2 . Detailed description of the procedure can be found in the appendix
of Wiegel et al. (2013). At UC Berkeley the samples from Utrecht were measured against
the secondary laboratory standard, which, in turn, was calibrated against the three NIST
CO2 reference materials RM8562, RM8563 and RM8564. The δ17 O value of the UC Berkeley lab standard is not known, but calculated from its δ18 O with respect to VMSOW assuming
λ = 0.528 and ∆17 O = (0 ± 0.5) h (Wiegel et al. (2013)). The measurements at UC Berkeley
resulted in the following isotope deltas for CO2 in Utrecht reference air: δ13 C(RefAir/VPDB)
= (−8.25 ± 0.10) h; δ17 O(RefAir/VSMOW) = (16.95 ± 0.40) h; δ18 O(RefAir/VSMOW) =
(32.74 ± 0.08) h and ∆17 O = (−0.2 ± 0.5) h. The uncertainty in brackets corresponds to the
average of three samples measured.
We calculate the final δ values of the sample according to
δSA/Std = δSA/RefAir · δRefAir/Std + δSA/RefAir + δRefAir/Std.

(2.8)

Finally, the ∆17 O is calculated as follows:


λ
∆17 O = 1+δ17 O
1+δ18 O − 1.
2.5

(2.9)

P E R F O R M A N C E O F T H E A N A LY T I C A L S Y S T E M

2.5.1 Blank measurements
Blank measurements were carried out not only to verify that the analytical system is leak tight
but also to detect possible contamination from the GC column or from the oxygen isotope
exchange unit. During the blank measurement, pure He carrier gas was injected into the analytical system and the usual measurement routine was applied (described in Sect. 2.3.2). No
peak was detected on the chromatogram between 450 to 500 s suggesting no contamination
from the GC and the absence of leaks. A peak with an area of 0.3 Vs was detected in the
PostCO2 detection window (between 850 to 900 s). This peak originates from the CeO2 oven.
As this is only 1.4 % of a typical sample peak and it would affect sample and reference air in
the same way, no corresponding correction is applied.
2.5.2 N2 O contamination
Because it has the same molecular mass, the isotopologues of N2 O interfere with CO2 isotopologues in IRMS measurements at m/z 44, 45 and 46 (Mook and van der Hoek (1983)). The
N2 O mixing ratio of atmospheric air is about 1200 times smaller than for CO2 . In our system,
we expect N2 O peak areas to be as small as 0.02 Vs for 20 Vs CO2 peak areas. This is at the
peak detection limit, and it is difficult to detect N2 O on the IRMS chromatogram. However, the
distribution of molecular ion masses 44, 45 and 46 in N2 O is very different from the distribution in CO2 , and therefore N2 O interfering with CO2 can decrease ∆17 O by 3 h (Wiegel et al.,
2013). For precise isotope measurements, CO2 has to be separated from N2 O or a correction
for the N2 O interference needs to be applied. In our online technique, N2 O is separated from
CO2 on the gas chromatography capillary column. To verify that CO2 and N2 O are well separated, we prepared a mixture of 400 ppm N2 O in synthetic air. We injected this N2 O-rich gas
to our system from MPort position 3. The N2 O was detected on the chromatogram between
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Figure 2.4: Chromatogram showing the separation of CO2 from N2 O in the artificially prepared mixture. The sample was injected to the analytical system at 60 s. CO2 appeared on chromatogram at 220–243 s and N2 O appeared at 248–275 s. Peaks are
well separated, the interval between the CO2 and N2 O peaks is 5 s. The air peak
(normally visible at 180–210 s) is not included on this chromatogram.

250–275 s. While the SS injection line between MPort and MFC-injection still contained the
N2 O-rich gas, venting was not applied. MPort was moved to position 5 allowing the reference
air to mix with the N2 O-rich gas in subsequent runs. The reference air became contaminated
with N2 O in quantities that are similar to the CO2 mixing ratio. On the following IRMS chromatogram, both CO2 and N2 O appeared, and even for these high amounts of N2 O, the peaks
were almost baseline-separated (see Fig. 2.4). This shows that for normal air, N2 O and CO2
are separated on the GC capillary column, and a corresponding N2 O correction does not need
to be applied, similar to what was shown by Ferretti et al. (2000).
2.5.3 Equilibration efficiency
In order to quantify CeO2 equilibration efficiency, four atmospheric air samples with different δ18 O(CO2 ) values were measured against RefAir in two measurement cycles. In the first
measurement cycle, SA1 and SA2 were connected to MPort position 3 and 7 while reference
air was connected to positions 1 and 5. In the second cycle, SA3 and SA4 were connected to
position 3 and 7 instead of SA1 and SA2. Ten measurement repetitions were performed on
each gas, so therefore the whole measurement sequence was 90 runs long.
The raw-δ46 CO2 isotope values of PreCO2 were the following: RefAir = 24.50 h; SA1=
35.40 h; SA2 = 36.77 h; SA3 = 32.65 h and SA4 = 36.84 h all relative to RefCO2 (1σ
= 0.10 h). Figure 2.5 shows 46 δ of these four samples and the reference air after isotopic
equilibration. In all cases, after the isotopic exchange reaction raw-δ46 CO2 is equilibrated to
21.82 h (relative to working reference CO2 , (RefCO2 )) with precision of 0.08 h. In other
experiments, when the initial δ18 O between RefAir and the air samples were 30 h different,
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Figure 2.5: Full and highly efficient oxygen equilibration reaction in the CeO2 oven represented by isotopically exchanged CO2 of four diverse atmospheric air samples (SA1
– rhombs, SA2 – triangles, SA3 – circles and SA4 – stars) measured against the
reference air (stripes). The initial differences in δ18 O between the reference air
and the air samples were up to 12 h (relative to RefCO2 ).

the δ18 O was indistinguishable within 0.09 h. This proves that oxygen equilibration reaction
in CeO2 oven is highly efficient and that the exchange rate is > 99.7 % (1–0.09/30).
2.5.4 System reproducibility and long stability test
RefAir (directly from the cylinder) and two SS 2 L cans (filled separately from the RefAir cylinder) were connected into the analytical system via the four different injection ports (MPort
position 1, 3, 5 and 7) and measured continuously for several days. The MPort position was
changing each 10 measurements, and a total of 270 measurements were performed. Figure 2.6
shows the results for each single measurement (blue points) and for each group of 10 measurements (diamonds). There is no significant difference between measurements from the main
cylinder and from the aliquots in the smaller flasks (p value of ANOVA significance test is 0.8).
The ∆17 O values are randomly distributed within the measurement error, and the long-term
analytical system stability does not vary.
The mean value of ∆17 O for our RefAir is −0.30 h (relative to VSMOW, λ = 0.528), which
reflects the calibration of the UC Berkeley measurements to our reference air (∆17 O = −0.20
± 0.50 h). The standard deviation for all 270 individual measurements is 1.68 h, but this
improves to a standard deviation of 0.58 h when they are split into 27 groups of 10 measurements each.
The reproducibility (1σ) of 27 groups of the raw data, i.e. the isotopologue ratios (45 / 44
and 46 / 44) is 0.02 and 0.13 h for non-equilibrated CO2 and 0.04 and 0.08 h for equilibrated CO2 , respectively. The main contribution to the measurement error of ∆17 O is the uncertainty in the isotope ratio 45 / 44 after the isotopic exchange reaction. 12 C16 O17 O contributes
only about 1/15 to the signal at m/z 45 (Brenninkmeijer and Röckmann 1998; Kawagucci
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Figure 2.6: Stability and reproducibility test for the analytical system: ∆17 O values of reference air were measured constantly for several days. Striped black line indicates the
average value of 270 runs and for 27 groups of 10 measurements respectively. The
dotted lines indicate standard deviation over 270 individual runs (blue) and over
27 groups of 10 measurements (black) and show how multiple measurements on
the same sample decrease the measurement error.

et al. 2008); therefore, the approximate precision of ∆17 O in a sample of 10 measurements is
15 × 0.04 h = 0.60 h. This value is in good agreement with our experimental uncertainty of
0.58 h.
In order to show how multiple measurements on one sample can improve our system precision further, we divide 270 measurements from the long stability test into groups of different
size: two groups of 135 runs; three groups of 90 runs; five groups of 54 runs; etc. For each
case, we calculate the standard error (SE) of the individual samples. As SE = σ/ n0.5 , a linear
correlation between ln(SE) and ln(n) is expected with slope −0.5 with the results shown in
Fig. 2.7. The standard error shows a generally monotonic decrease with increasing number of
measurements per package. The expected slope for this graph is −0.5 and the experimental
slope is −0.468. The results indicate that for large air samples (with a volume 750 mL and
larger), we are able to determine ∆17 O with a precision of 0.2 h.
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Figure 2.7: Improvement of the measurement precision by performing multiple measurements
on the same air sample. The ln of the standard error (SE) is plotted versus ln of
the number of measurements (n) that were included in the calculation of the SE.
The upper axis represents the amount of CO2 used for analysis including sample
loop flushing. A SE of about 0.2 h can be reached after about 100 measurements.
The experimentally derived slope for the error reduction is −0.468, which is close
to theoretical value −0.500.

2.5.5 Linearity test
Possible non-linearity effects of the analytical system were examined by diluting the reference
air with 5 and 10 % of synthetic air (CO2 -free). This means a reduction of the initial mixing ratio of 400 ppm to 380 and 360 ppm. Dilutions were prepared barometrically in 2 L and 150 mL
SS flasks. Figure 2.8 shows the difference in ∆17 O between the dilution and the undiluted
RefAir sample as a function of CO2 peak area: 5 % dilution peak > 17.5 Vs and 10 % dilution
peak < 17.5 Vs. The ∆17 O results are not statistically different from the reference air, and not
from each other (p value of an ANOVA significance test is 0.7). We conclude that the ∆17 O
signal is not affected by decreases in the mixing ratio up to 10 % as they may occur in the
stratosphere. As such, our system is suitable for measurement of atmospheric air samples with
CO2 mole fractions between 400 and 360 ppm.
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Figure 2.8: ∆17 O of CO2 in aliquots of the laboratory reference gas that was filled into flasks
of 2 L and 150 mL volume, respectively. These are the flasks in which the stratospheric samples were measured. The reference air was additionally diluted by
5 % (squares) or 10 % (triangles) with zero air. There is no significant difference
between different types of flask, and for the different dilutions, thus no nonlinearity can be detected.

2.6

S T R AT O S P H E R I C A I R S A M P L E S

The scientific potential of our analytical system was established by measuring stratospheric
air samples obtained within the EU project RECONCILE. Samples were collected in the polar region (aircraft base in Kiruna/Sweden) with the high-altitude aircraft M55-Geophysica
during December 2011. The air samples were measured for numerous tracers, such as N2 O,
CFC-11, CFC-12, CH4 (Kaiser et al. 2006; Laube et al. 2010; Röckmann et al. 2011) and the
remaining air was used for measurement of the isotopic composition of CO2 with the analytical technique described here. In Fig. 2.9, we show the oxygen isotopic composition of three
stratospheric air samples together with already published data. At 18 km the observed 17 O excess values for stratospheric CO2 go up to 7 h for δ17 O and up to 3 h for δ18 O with respect
to tropospheric CO2 (δ17 O ≈ 21 h VSMOW, δ18 O ≈ 41 h VSMOW). The samples measured
with our analytical technique agree with available data for stratospheric CO2 (Kawagucci et al.
2008; Lämmerzahl et al. 2002; Wiegel et al. 2013). The precision for the RECONCILE data
is 0.03 h (1σ) for δ13 C, 0.07 h (1σ) for δ18 O and 0.55 h (1σ) for δ17 O for a group of
10 measurements. An in-depth analysis on the new data set will be published in a separate
paper.
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Figure 2.9: Three-isotope plot for oxygen isotopes in CO2 from atmospheric air samples. Previous observations are from Kawagucci et al. (2008) (circles); Lämmerzahl et
al. (2002) (diamonds) and Wiegel et al. (2013) (triangles). Three samples from
the RECONCILE project (squares) fall in the range of previously published values.
Two blue circles distinguish tropospheric air samples (continuous blue circle) from
stratospheric ones (dashed blue circle). The red line is the mass dependent fractionation line with slope 0.528. Note logarithmic scale ln17 O = ln(δ17 O +1) and
ln18 O = ln(δ18 O +1).

2.7

S U M M A RY A N D C O N C LU S I O N S

We have established an online measurement system for measurement of ∆17 O in CO2 based on
complete oxygen isotope exchange with CeO2 at 650 °C (Assonov and Brenninkmeijer (2001))
and similar to the online system using a copper oxide exchange reagent by Kawagucci et al.
(2005). Our method is the first fully automated analytical system that uses CeO2 as the isotope
exchange medium. The 3 h labour characterized for a single measurement in the offline techniques (Assonov and Brenninkmeijer 2001; Hofmann and Pack 2010; Mahata et al. 2012) was
decreased to a minimum: connecting air samples to the injection lines, filling the LN2 dewar
and running the measurement sequence by pressing the start button. That was possible by
constructing the automated sample injection, by applying ISODAT 3.0 software and electronic
devices to control movement of valves, LN2 trap and gas flow in the MFCs, and finally by using
a microdosing LN2 pump to keep the liquid nitrogen level in the CO2 trap constant.
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Although the standard deviation of a single run is higher than for already established methods that use CeO2 (Assonov and Brenninkmeijer 2001; Hofmann and Pack 2010; Mahata et al.
2012) it can be decreased statistically with injecting multiple aliquots of the same sample.
The reproducibility of measured ∆17 O is 0.6 h for 10 measurements (usage of the air
sample 30 mL) and can be decreased statistically to 0.2 h (usage of the air sample 750 mL).
Our system is designed for measuring atmospheric air samples with CO2 mole fractions between
360 and 400 ppm. The most promising application of our system is analysis of stratospheric
CO2 from air samples of volume 100 mL and less. So far, we have successfully measured three
oxygen isotope composition of CO2 from air samples collected above Kiruna/Sweden and polar region in December 2011. In the present setup a limitation is the requirement of overpressure of the sample gas in the injection unit of at least 1.4 bar. The current focus is on further
development of the injection unit to allow measurement of air samples at ambient pressure.
——————-
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A N A LY S I S O F ∆ 1 7 O ( C O 2 ) F R O M S M A L L A I R S A M P L E S C O L L E C T E D
WITH AN AIRCORE

We present the set-up and a scientific application of the Stratospheric Air Sub-sampler (SAS),
a device to collect and to store the vertical profile of air collected with an AirCore (Karion et al.
2010) in numerous sub-samples for later analysis in the laboratory. The SAS described here is a
20 m long 1/4 inch stainless steel tubing that is separated by eleven valves to divide the tubing
into 10 identical segments, but it can be easily adapted to collect smaller or larger samples.
In the collection phase the SAS is directly connected to the outlet of an optical analyzer that
measures the mole fractions of CO2 , CH4 and CO from an AirCore sampler. The stratospheric
part (or if desired any part of the AirCore air) is then directed through the SAS. When the
SAS is filled with the selected air, the valves are closed and the vertical profile is maintained
in the different segments of the SAS. The segments can later be analysed to retrieve vertical
profiles of other trace gas signatures that require slower instrumentation. As an application,
we describe the coupling of the SAS to an analytical system to determine the 17 O excess of
CO2 , which is a tracer for photochemical processing of stratospheric air. For this purpose the
analytical system described by Mrozek et al. (2015) was adapted for analysis of air directly
from the SAS. The performance of the coupled system is demonstrated for a set of air samples
from an AirCore flight in November 2014 near Sodankylä, Finland. The standard error for a
25 mL air sample at stratospheric CO2 mole fraction is 0.56 h (1 σ) for δ17 O and 0.03 h (1
σ) for both δ18 O and δ13 C. Measured ∆17 O(CO2 ) values show a clear correlation with N2 O
in agreement with already published data.

This chapter has been published as:
D. J. Mrozek, C. van der Veen, M. E. G. Hofmann, H. Chen, R. Kivi, P. Heikkinen, and T. Röckmann: Stratospheric Air Sub-sampler (SAS) and its application to analysis of ∆17 O(CO2 ) from
small air samples collected with an AirCore, Atmos. Meas. Tech., 9, 5607-5620, doi:10.5194/amt9-5607-2016, 2016.
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INTRODUCTION

Monitoring and studying the distribution of greenhouse gases throughout the atmospheric
column is an important constituent of understanding contemporary climate change. Carbon
dioxide (CO2 ) is the most important molecule of the atmospheric carbon cycle and the increase of its abundance in the atmosphere is the primary factor of recent radiative forcing
(IPCC 2013). In the stratosphere the 17 O excess of CO2 (expressed as ∆17 O(CO2 )) is a valuable long-lived tracer for stratospheric chemistry and atmospheric circulation patterns. Measurement of the mole fraction and oxygen isotopic composition of CO2 provides information
on both transport times and photochemical lifetimes of CO2 (Boering et al. 2004; Wiegel et al.
2013). Over the past decades several sampling campaigns have been carried out to observe and
to understand the oxygen isotope enrichments of stratospheric CO2 (Alexander et al. 2001;
Boering et al. 2004; Kawagucci et al. 2008; Lämmerzahl et al. 2002; Thiemens et al. 1995a;
Wiegel et al. 2013). Unfortunately, measurement campaigns with rockets, balloons and aircraft
platforms are expensive and therefore it is in general difficult to obtain stratospheric samples.
The simple and lightweight sampling system AirCore (Karion et al. 2010) provides new opportunities to sampling the high altitude atmosphere at relatively low cost. The AirCore device
consists of a long (usually 100 m of longer) piece of coiled stainless steel tubing that is lifted
to the stratosphere on a balloon with one end open and the other end closed. During ascent,
the AirCore empties because of the decrease in pressure; during descent, ambient air successively fills the AirCore coil again as pressure increases. The atmospheric profile information in
the coil is preserved because of limited gas diffusion inside the long tube. This means that
the altitude profiles of various trace gases such as CO2 , CH4 and CO can be determined by
processing the content of the AirCore through a fast analytical system quickly after recovery
of the sampler.
Previously, the air from an AirCore was vented after analysis with a real time gas analyzer
and not used for other, more sophisticated and slower, analyses. We developed a Stratospheric
Air Sub-sampler (SAS) that collects (the stratospheric fraction of) air from an AirCore directly after online analysis and stores it in different segments of the SAS so that the profile
is preserved. The SAS can be easily transported and processed, for example for the isotopic
composition of trace gases or for halocarbon analysis. The limitation of the method is that the
analytical system must be capable of analysing very small air samples, since the total stratospheric fraction of the AirCore profile is only of the order of 250 mL at ambient temperature
and pressure, which is split into multiple segments in the SAS.
For the work presented here we apply the SAS concept to measurement of the 17 O excess of
CO2 in the stratospheric sub-samples. The analytical system described in Mrozek et al. (2015)
was modified to allow air from the SAS to be flushed directly by the reference air into a new
sample introduction unit at ambient pressures. The change of the oxidation reagent from CeO2
powder to CuO wires reduced peak broadening and allowed detection of the equilibrated CO2
peak without focusing on liquid nitrogen trap. The improved system is fully automated; only
the change of the individual SAS segments is made manually. The successful coupling of the
SAS and the 17 O analysis system was demonstrated by CO2 stable isotope measurements on
stratospheric air obtained from an AirCore flight near Sodankylä, Finland, in November 2014.
We use the common delta notation to quantify isotopic composition, i δ = i RSA/i RST -1,
where i R represents the heavy-to-light isotope ratio 17 R = (17 O/16 O) or 18 R = (18 O/16 O) of
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a sample (index SA) or international standard (index ST). δ values are expressed in h. The international reference material for oxygen isotopes is Vienna Standard Mean Ocean Water (VS+1.7
MOW) with 17 RV SM OW = 382.7 −2.1
) × 10−6 (Kaiser 2008) and 18 RV SM OW = 2005.2 ± 0.45
−6
× 10 (Baertschi 1976). For quantifying the 17 O excess of CO2 we use the exponential definition ∆17 O = [1 + δ17 O]/[1 + δ18 O]λ - 1 with λ of 0.528, but note that also other definitions
are in use (Assonov and Brenninkmeijer 2005; Kaiser 2008).
3.2

METHOD

The stratospheric air samples are collected in a two-step procedure. First, air samples from
the surface up to the ceiling altitude of a stratospheric balloon flight (typically 30 km) are
obtained with an AirCore system. Second, the stratospheric part of the collected air samples is
recovered into an SAS after online analysis of trace gas concentrations. The details of the first
step (Chen et al. 2017) are here briefly described in Sect 3.2.1. Section 3.2.2 and Sect 3.2.3
provide the information relevant to the stratospheric air samples: the sub-sampling method
and the description of the analytical system used for CO2 isotope measurement. We include a
schematic illustration for describing all the instruments and procedure in Fig. 3.1.

Figure 3.1: A schematic diagram showing the overall procedure described in this work, from
AirCore sampling on the site to IRMS analysis in laboratory.

3.2.1 Stratospheric air sampling with AirCore
The AirCore device is made of stainless steel tubing coated with SilcoNert 1000 and has a
total length of 100 m (40 m at 1/4 inch and 60 m at 1/8 inch, with a wall thickness of 0.01
inch). The payload that includes the AirCore and a radiosonde (Vaisala, type RS92-SGPL)
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weighs about 3.6 kg. Before each flight the AirCore is filled with a standard dry fill-gas with
known CO2 , CH4 and CO mole fractions (CO2 = 386.10 ± 0.09 ppm; CH4 = 1880 ± 2 ppb;
CO = 7972 ± 5 ppb) and closed with a shut-off valve at the inlet (Swagelok, part number
SS-1GS4). A stratospheric balloon (Totex, type Tx3000) is used to launch the payload high
into the stratosphere near Sodankylä, Finland. Just before launching the AirCore, the shut-off
valve is opened, so that during the ascent the fill-gas leaves the AirCore coil due to the drop
in pressure. After reaching an altitude of approximately 30 km, the balloon bursts, and the
descent of the payload on a parachute begins. Ambient air flows into the AirCore and the
air from higher altitudes is continuously compressed and pushed towards the closed end of
the AirCore by air from lower altitudes. The shut-off valve is closed automatically about 10
seconds after the landing, and the AirCore is quickly recovered and transported to the Finnish
Meteorological Institute (FMI) laboratory for analysis.
3.2.2 Sub-sampling into SAS
The vertical profiles of CO2 , CH4 and CO mole fractions are measured within 2-3 hours after
landing of the AirCore at FMI using a gas analyzer (Picarro, model G2401), as presented in
Fig. 3.2. The originally closed end of the AirCore coil is connected to the analyzer, while the
end with the shut-off valve is connected to the fill-gas cylinder. By opening both ends of the
AirCore, the air in the AirCore is flushed into the analyzer by the fill-gas. The flow rate is
controlled at the outlet of Picarro instrument and set to 38.2 mL min−1 . Calibration air can
be analysed before and after measurement of the AirCore air. After the trace gas analysis, the
top (i.e. stratospheric) part of the air collected with the AirCore (less than 20 % of the total
collected air) is transferred into an SAS that is sent to Utrecht University for CO2 isotope
analysis.
The timing of the sub-sampling process is based on the flow rate of the air through the analyzer and the pump. The timing of the sub-sampling procedure had to be precisely established
to ensure that the desired fraction of gas is collected with the SAS. To establish the timing for
the sub-sampling procedure, we injected a spike of highly CO2 -enriched gas into the inlet of
the Picarro analyzer and then connected the outlet of the pump to the inlet of the Picarro analyzer. Thus a closed loop without the SAS was established, and the CO2 spike was measured
multiple times as it circulated through the analyzer and the pump. This experiment allowed us
to determine the timing of air travelling from the inlet of the analyzer to the inlet of the SAS.
The flow rate was measured with a flow meter, and the timing for the sub-sampling procedure
was established. Also, the membrane pump (Picarro Inc.) that is used for the sub-sampling was
carefully tested for leaks to avoid contamination of stratospheric air with ambient laboratory
air during the sub-sampling process. The outlet of the pump was connected to the gas analyzer
(Picarro Inc., model G2401-m) to form a closed loop, which was filled with air with high mole
fractions of CO2 , CO and CH4 . The flow rate was set to 35 mL min−1 and the air enclosed in
this closed system was circulated nine times while measuring the CO2 , CO, CH4 and H2 O mole
fractions. The CO2 mole fractions stayed between 940.4 and 941.0 ppm and a small initial fluctuation quenched after nine cycles. The rate of change of CO2 mole fraction based on these
measurements with a very high CO2 mole fraction difference between the sample and ambient
air was 0.1 ppm of CO2 per minute. The effect of such a small contamination on the isotopic
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Figure 3.2: Schematic diagram of the analytical system for trace gas analyses with a Picarro instrument and for transferring the air from the
AirCore coil into the Stratospheric Air Sub-Sampler (SAS). The three-way valves in the SAS are in "open to the right" position when
the AirCore air is transferred into the SAS and closed after sub-sampling. The crossed circles are conventional valves. The open
circles at the inlet of the fill-gas and the calibration-gas cylinder represent cylinder valves and pressure regulators. The black circle
represents the shut-off valve at the end of the AirCore coil. The drying tube is filled with magnesium perchlorate (Mg(ClO4 )2 )
from Sigma-Aldrich.
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composition of CO2 is therefore negligible (<0.001 h given the maximum ∆17 O(CO2 ) of 5
h, see below). We note, however, that CO gets contaminated in the sub-sampling process at
a rate of 17 ppb min−1 for CO (from a starting value of 500 ppb), so CO measurements would
be compromised.
The SAS used for the CO2 isotope measurements in Utrecht is made of 10 2 m long pieces
of 1/4 inch diameter stainless steel tubing, which are connected by 11 Swagelok valves (part
number SS-3CXS4) to form the 20 m long SAS. The tubes are bent to form identical rings to
facilitate easy handling and transport. In the following, we refer to the rings as "SAS segments"
and the valves as "three-way valves". The three-way valves are open and connect the segments
when the stratospheric part of the AirCore air fills the SAS and are kept closed when the
sub-sampling process is finished. Each SAS segment contains about 25 mL of the AirCore air.
Segment 1 corresponds to the highest altitude of the AirCore flight, and segment 10 contains
air from the lower-stratosphere.
The idea of the SAS that is described here in detail has already been successfully implemented to enable the radiocarbon analysis of stratospheric CO2 at the Centre for Isotope Research
in Groningen, the Netherlands (Paul et al. 2016).
3.2.3 Continuous flow system to measure the isotopic composition of CO2
The analytical system to measure the isotopic composition (δ13 C, δ18 O and ∆17 O) of CO2
in each SAS segment is based on the principle presented in Mrozek et al. (2015). The isotopic composition is measured after gas chromatographic separation of the CO2 from other
air constituents. The 17 O content cannot be determined directly from the measurement at
m/z = 45, because of the isobaric interferences of 13 C and 17 O. Therefore, the 17 O content
is obtained from isotope measurements on CO2 before (PreCO2 ) and after oxygen isotope exchange (PostCO2 ) with a large reservoir of oxygen. Instead of using cerium (IV) oxide (CeO2 )
as exchange material (Assonov and Brenninkmeijer 2001; Mrozek et al. 2015), we use in
our new system copper oxide (CuO) (Kawagucci et al. 2005). A single measurement requires
two independent injections of 1 mL of air: one for direct measurement (PreCO2 ) and one for
measurement after oxygen isotope exchange (PostCO2 ), plus 0.7 mL for flushing the injection
lines (all at 1 bar pressure). To reduce the measurement uncertainty statistically we perform
multiple measurements on one air sample.
In addition to the requirement of overpressure in the injection unit, another disadvantage
of the method presented in Mrozek et al. (2015) was the severe peak broadening that was introduced by the strong flow resistance of the CeO2 powder in the oxygen exchange unit, which
required re-focusing of the CO2 after equilibration. In the new system the powdered CeO2 in
the oxygen exchange unit was replaced with CuO wires. As a result the peak broadening was
dramatically reduced by a factor of 7.5 (from 450 s to 60 s) and the equilibrated CO2 could
be analysed without re-focusing. In addition, we developed a custom-made sample injection
unit for samples provided by the SAS, where both sample and reference gas are injected via
the SAS.
The improved continuous flow isotope ratio mass spectrometrometry (CF-IRMS) analytical
system consists of: a sample injection unit to attach the SAS segments, a gas chromatographic
column to separate the CO2 from a 1 mL air aliquot, an oxygen isotope exchange unit for
CO2 equilibration with CuO, and open split interface and an IRMS for isotope measurement
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(Fig. 3.3). Similar to the method described by Mrozek et al. (2015), three 6-port 2-position
Valco valves (VICI, C6UWM) direct the gas flows through the analytical system. The four main
components are described in the following subsections.
3.2.3.1 Sample injection
The 10 individual segments of the SAS are measured separately (see Sect. 3.2.4.1). After connecting a segment, the volume between the mass flow controller (MFC) and the segment is
evacuated with a low vacuum (LV) pump and filled with reference air. All connections in the
injection sub-unit are made of 1/8 inch o.d., stainless steel tubing. When the valves of a connected SAS segment are opened, as demonstrated in Fig. 3.3, the reference air flushes the
stratospheric air sample from the SAS into the analytical system. The flow rate of the MFC is
set to 1 mL min−1 during sample gas injection. We use the reference air itself as the carrier
for the sample air.
A single ∆17 O(CO2 ) measurement requires two independent injections of the sample gas.
The first injection is used for direct isotope measurement of CO2 (PreCO2 ), the second injection
is for measuring the isotopically equilibrated CO2 (PostCO2 ). We inject the gas (reference air
or sample air) into the GC column via a 1 mL sample loop in V1. The sample loop is always
filled to ambient pressure because it is open to the outside air via the vent. We use extended
flushing during sample loop loading (the 1 ml sample loop is flushed with the sample gas at a
flow rate of 1 ml/min for 80 s) to avoid interference from outside air that may diffuse through
the vent tubing into the sample loop.
It takes less than 1 h to measure an individual SAS segment, however, in the present set-up
reference air is measured for several hours between the different segments (see Sect. 3.2.4.2).
Usually two SAS segments are measured in one day. The CF-IRMS system operates fully automated and the only manual step required is the connection of the segments.
3.2.3.2 CO2 separation from air
This sub-unit consist of a gas chromatography (GC) capillary column (ParaPLOT Q 25 m ×
0.53 mm, Varian). As a carrier we use helium at a flow rate of 4 ml min−1 , supplied to the
GC through one of the ports in valve V1. The GC is kept inside a heated stainless steel box
at 40 ◦ C to ensure uniform conditions for gas separation. On the GC column the different
air constituents are separated. The air peak (mainly O2 and N2 ) elutes at 120 s after sample
injection, CO2 at 160 s and N2 O at 190 s. The air peak leaves the analytical system through the
vent in valve V3. Both CO2 and N2 O are directed either to IRMS or to the isotope exchange
sub-unit. Nitrous oxide in our system does not interfere with CO2 during the isotope ratio
measurement because it is fully separated from CO2 and gets destroyed in the CuO oven. This
is discussed in detail in Sect. 3.3.1.
3.2.3.3 Oxygen isotope exchange with CuO
This sub-unit consists of Valco valve 2 (V2) and an optional oxygen equilibration oven, the
same as Mrozek et al. (2015). The Valco valve V2 directs the CO2 aliquot either directly to the
IRMS or first into the equilibration oven before entering IRMS. The oven is an assembly of a
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Figure 3.3: Schematic diagram of the CF-IRMS analytical system for complete isotope analysis (including ∆17 O) of stratospheric CO2 . The
system is divided into four units: (a) sample injection, (b) gas chromatographic column (GC) to separate CO2 from air and N2 O
(c) optional oxygen isotope exchange unit and (d) isotope detection unit including open split interface and isotope ratio mass
spectrometer (IRMS). MFC is mass flow controller, V1-V3 are Valco valves, RefCO2 is Utrecht working reference CO2 , the crossed
circles are conventional valves and the blue T’s are the three-way valves. The SAS three-way valves are normally closed but here
they are shown in the sample admission position.
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quartz glass reaction tube (1.4 mm i.d., 3.0 mm o.d., 300 mm length), a tube furnace and a
temperature controller. Inside the tube there are oxygenated Cu wires and a Ni catalyst. We
refer to this assembly as CuO oven. At a temperature of 900 ºC, the wires act as a fast and
highly efficient oxygen equilibration medium. This is similar to Kawagucci et al. (2005), who
for the same purpose used twisted wires of CuO and Pt catalyst, and different from Assonov
and Brenninkmeijer (2001) and Mrozek et al. (2015), who used CeO2 powder. The important
advantage of oxygenated Cu/Ni wires over CeO2 powder in our system is the much smaller
flow resistance. Therefore, the new exchange unit induces a much smaller peak broadening,
and the equilibrated CO2 does not require focusing anymore. As a result, the single analysis
time shortened by 250 s in comparison to the method described in Mrozek et al. (2015) (650
s instead of 900 s) and no liquid nitrogen is required.
Before first use, and then on a weekly basis, the CuO oven is conditioned with O2 (Ultra
High Purity (UHP), Air Products) at a flow rate of 20 mL min−1 and a temperature of 600 ◦ C,
following the procedure of Kawagucci et al. (2005). Under these conditions, the copper metal
forms a coating of copper (II) oxide on the surface of the Cu wires according to
1
O2 → CuO
(3.1)
2
After oxygenation, the IRMS needs at least 50 measurements for the signal to stabilize.
During routine measurements we monitor the δ18 O(CO2 ) RefAir vs. VSMOW signal before
and after equilibration to make sure that the equilibration reaction is quantitative.
Cu +

3.2.3.4 IRMS interface and mass spectrometric analysis
This sub-unit of the analytical system (Figure 3.3D) consists of a Valco valve 3 (V3), a NafionTM
dryer, a custom-made open split system (Röckmann et al. 2003) and an IRMS (Thermo Fisher
Scientific Delta V Advantage). The loop in valve V3 is used to insert an additional volume of
approximatively 1 mL volume (1/4 inch o.d. tube connected with Swagelok fittings) into the
flow path, which smooths and ensures a compact shape of the PostCO2 peak in the IRMS. The
Nafion dryer removes traces of water before the gas stream enters the IRMS via the open split
system, which is also used to inject the pure CO2 working gas. The IRMS measures ion current
ratios 45/44 and 46/44 that originate from CO2 isotopologues with masses 44, 45 and 46.
3.2.3.5 Reference air and reference CO2
Our reference air cylinder (referred to as RefAir in the following) was filled with tropospheric
air collected at an altitude of 20 m from the sixth floor of the Buys Ballot building on the
Utrecht University campus in July 2014. The isotopic composition of the CO2 in the reference air cylinder was calibrated against air cylinders provided by an intercomparison program of the World Meteorological Organization (WMO) and assigned the following isotope
values: δ13 CRe f Air /V P DB = -8.09 ± 0.10 hand δ18 ORe f Air /V SM OW = 41.05 ± 0.20 h. Following a mass dependent fractionation relation of tropospheric CO2 (Kaiser 2008), we assign
δ17 ORe f Air /V S M OW = 21.5 h, so that ∆17 ORe f Air = 0.0 h. The isotopic composition of the
reference air is measured continuously in between the samples to monitor the stability and to
correct for long-term trends of the CF-IRMS system.
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The δ values for the working reference CO2 that is injected via the open split system are
δ13 CRe f CO2/V P DB = -36.16 ± 0.01 h and δ18 ORe f CO2/V SM OW = 4.69 ± 0.01 h.
3.2.4 Measurement procedure
3.2.4.1 Connecting the sub-sampler to the continuous flow isotope analysis system
We start the CO2 isotope analysis always from the SAS segment with the highest segment
number, here segment number 10. The common port of valve no. 11 (the end of segment 10)
is connected to the injection line, which leads to V1, and the free port of valve no. 10 (the
beginning of segment 10) to the MFC delivering reference air (see Fig. 3.3). Note that the
beginning of the segment 10 is also the end of segment 9.
The injection lines are open to the laboratory air when the SAS segments are being exchanged. To avoid mixing of the precious sample air with laboratory air we evacuate the
volume between the MFC and the SAS segment with the LV pump and flush this volume with
reference air (LV pump exchanged to vent). It is important to depressurize the volume behind
the MFC before opening the SAS segment. Overpressure in the injection lines must be avoided
so that the small air sample is not pushed out of the inlet system.
After connecting a SAS segment as described above, the three-way valve no. 10 is opened,
so that reference air starts slowly flowing through segment 10. Next, the three-way valve no.
11 is opened, so that air is flushed to the sample loop of the injection system (see Fig. 3.3).
The sample admission procedure is described in detail in the next section.
As the sample air is flushed into the system by the reference air, we simply continue measuring the reference air that is then flowing through the SAS segment. A disadvantage is that the
last injections of the sample air are actually a mixture of sample and reference air (see below).
The measurements of reference air after the sample measurement are later used for referencing. After the reference air measurements are completed, we close the three-way valves and
disconnect segment 10. As the common port of valve no. 10 has to be connected to the injection line when measuring segment 9, segment 10 has to be physically disconnected from the
SAS. Segment 9 is then treated the same as segment 10 before. We continue measuring and
exchanging SAS segments one by one.
3.2.4.2 Isotope analysis procedure
Each Valco valve has two possible positions: LOAD and INJECT. The initial Valco valve configuration is shown in Fig. 3.3: V1 and V3 are in position LOAD and V2 is in position INJECT.
After a SAS segment has been connected and the connecting lines flushed as described above,
sample admission starts. The MFC is set to a flow rate of 1 mL min−1 15 s before opening the
SAS valve in order to provide a small and reproducible overpressure at the entrance of the SAS
segment. We then open the three-way valve towards the SAS segment to admit the reference
air from the MFC, and 1 s later the three-way valve before V1. Now, the flow of reference
air pushes the AirCore air towards the sample loop in V1. It takes 10 s for the AirCore air to
travel from the SAS segment to the sample loop and another 80 s to fill it. At 80 s, the flow
rate at the MFC is stopped to save sample and the air is allowed to further expand into and
fill the injection loop. At 90 s the loop is fully filled and Valco valve V1 is switched for 40 s to
position INJECT to transfer the first aliquot of the sample air into the analytical system. The
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1 mL aliquot of air from the SAS segment is transferred to the GC column in a He carrier gas
(4 mL min−1 ). In the GC column, the CO2 is separated from other atmospheric gases. All compounds are directed via Valco valve V2 (INJECT) and Valco valve V3 (LOAD) directly towards
the isotope detection unit. The CO2 is injected into the ion source of the IRMS (PreCO2 ), all
other gases are discarded via the open split.
As soon as the CO2 peak (PreCO2 ) appears on the chromatogram, the second aliquot of
the AirCore air is introduced into the system. Similar to the first injection, the sample loop
is flushed with the AirCore air for 80 s (MFC is set to a flow rate of 1 mL min−1 between
290 and 370 s). At 380 s valve V1 is switched for 40 s from LOAD to INJECT, and the second
aliquot of the AirCore air is injected into the GC column. Non-CO2 gases leave the analytical
system through the open split capillary between 500 and 520 s (V2 in position INJECT and
V3 in position LOAD). At 545 s, V2 switches to position LOAD, and the CO2 is directed to the
isotope exchange unit. After the isotope exchange reaction, the equilibrated CO2 (PostCO2 )
is flushed further to V3. An additional 1 mL stainless steel volume in front of Valco valve V3
has been added to smoothen the peak shape of the equilibrated CO2 (PostCO2 ), leading to
improved precision. The equilibrated CO2 is detected on the chromatogram between 560 and
630 s.
Figure 3.4 presents an example of an IRMS chromatogram. A single measurement including
two injections takes 650 s. The CO2 peak from the first injection (PreCO2 ) is detected between
250 and 280 s, and the equilibrated CO2 peak from the second injection (PostCO2 ) between
560 and 640 s. The eight working reference CO2 peaks (RefCO2 ) are injected to the IRMS
directly via the open split interface, four before detection of the PreCO2 (0-200 s), and four
before detection of the PreCO2 (300-500 s). The two sample peaks (PreCO2 and PostCO2 )
have a different shape because the second one has passed the exchange unit and the additional
volume.

Figure 3.4: Example of a typical IRMS chromatogram of a single ∆17 O(CO2 ) analysis with
the CF-IRMS system described here. The eight square peaks are the working reference CO2 (RefCO2 ) peaks injected directly via the open split interface. The nonequilibrated CO2 (PreCO2 ) peak and the equilibrated CO2 (PostCO2 ) peak are the
two sample gas peaks.
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Figure 3.5: Raw-δ45 CO2 data (h vs RefCO2 ) from a complete measurement sequence of an
SAS segment. SA is the air sample stored in the SAS segment. RefAir before SA
refers to the reference air passing through an empty SAS segment and defines IRMS
stability before the new SA is connected. After exchanging the SAS segments we
obtain five "pure" sample air measurements. Subsequent to the SA measurement,
the reference air first mixes into the sample air; it takes about 10 measurements
until pure reference air is processed. RefAir after SA refers to the reference air
passing through the SAS segment after the SA has been completely flushed out.
For the sample air presented here the "before equilibration" points overlap with
the "after equilibration" points and cannot be distinguished.

For each SAS segment we run a sequence of 35 individual measurements (of two injections
each). The results show that 5 of these measurements represent pure sample gas (SA), 10 of
them contain sample-reference air mixtures, and 20 are pure reference air (RefAir) measurements (see Fig 3.5). Theoretically, we should be able to analyse nine SA aliquots from each
SAS segment (25 mL / 2.7 mL), but as described above the reference air is used as carrier gas
and mixes with the sample air. Since we know the isotopic composition of the reference air,
the method can potentially be improved by extracting SA information also from the "mixed"
SA/RefAir peaks, which may decrease measurement uncertainty statistically (see Table 3.1).
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Table 3.1: Statistical improvement of ∆17 O analytical error by combining multiple (n) measurements of the same gas into packages and taking the standard error of these
packages.
Test

Number of

Number of

Random error

SE

SE

group

packages

measurements

in the group

in the package: (n)

theoretical:
Æ
SD/ (n)

experimental:

name

factor:
Æ
1 / (n)

A

1

270

0.061

0.074

B

2

135

0.086

0.105

0.205

C

3

90

0.105

0.129

0.256
0.170

SD over ∆17 O mean/

D

5

54

0.136

0.166

E

6

45

0.149

0.182

0.245

F

9

30

0.183

0.223

0.251

G

10

27

0.192

0.235

0.302

H

15

18

0.236

0288

0.316

I

18

15

0.258

0.315

0.345

J

27

10

0.316

0.386

0.405

K

30

9

0.333

0.407

0.472

L

45

6

0.408

0.498

0.531

M

54

5

0.447

0.546

0.570

N

270

1

1.000

1.220

1.220

Æ

(n)

The bold values describe the uncertainty for a single measurement and the error expected for the five
repeated measurements on one air sample stored in the SAS. SD: standard deviation
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3.3.1 Separation and destruction of N2 O
Nitrous oxide (N2 O) interferes with the mass spectrometric analysis of CO2 because the isotopologues of both CO2 and N2 O fall on the mass 44, 45 and 46 collectors and cannot be
separated with conventional IRMS instruments (Mook and van der Hoek 1983). These mass interferences can lead to significant analytical biases for δ13 C(CO2 ), δ17 O(CO2 ) and δ18 O(CO2 )
values and, as result, decrease ∆17 O of stratospheric air by as much as by 3 h (Wiegel et al.
2013). Note that N2 O and CO2 can also not be separated cryogenically (Mook and Jongsma
1987).
To measure CO2 isotopes in an air sample without interference from N2 O we completely
separate N2 O from CO2 before the isotope ratio analysis on the GC column (Ferretti et al.
2000). In addition, for the measurement of PostCO2 , N2 O is quantitatively destroyed in the
hot isotope exchange unit (Assonov and Brenninkmeijer 2006; Kawagucci et al. 2005; Mrozek
et al. 2015).
To demonstrate successful GC separation and N2 O decomposition inside the CuO oven at
900 ºC we connected a dilution of 400 ppm N2 O in synthetic air to the injection sub-unit of
our analytical system. The N2 O enriched gas was placed at the position of a flask, as shown in
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Fig. 3.3. The flask was opened and the N2 O enriched gas filled the injection lines and the 4 mL
inner volume of MFC. Next, we changed the position of the three-way valve in front of the MFC
so that the reference air was flowing towards the MFC. As a consequence, the reference air
mixed with the N2 O-rich gas and both N2 O and CO2 were observed on the chromatogram. We
monitored the N2 O peak before and after the isotope exchange reaction: for the non-heated
aliquot, the GC column separated completely the N2 O from the CO2 ; for the heated aliquot,
the N2 O was destroyed completely in the CuO oven (see Fig. 3.6). For the experiment shown
in Fig. 3.6, the chromatogram was extended to 750 s instead of the normal length of 650
s because N2 O elutes after CO2 . Additionally, the fifth working RefCO2 peak was omitted in
order to observe the N2 O peak. The test shows that N2 O can be effectively removed on CuO/Ni
wires at 900 ◦ C and confirms the results of Kawagucci et al. (2005). This removal method can
potentially be applied to other trace gas measurement techniques.

Figure 3.6: IRMS chromatogram demonstrating the separation of N2 O from CO2 on the GC
column and the absence of an N2 O peak after the hot CuO/Ni isotope exchange
unit. The artificially prepared mixture of N2 O and CO2 was injected to the analytical system following the procedure described in Sect. 3.2.4.2. In order to observe
the N2 O peak the fifth working RefCO2 peak was omitted in the chromatogram
and the measurement time was extended to 750 s.

3.3.2 CuO-CO2 equilibration efficiency
To quantify the efficiency of oxygen isotope equilibration in the CuO oven we analysed two
samples containing CO2 with very different isotopic composition. The first one was our RefAir
and the second one was a synthetic mixture of RefCO2 diluted to 400 ppm CO2 in synthetic
air. The samples were injected via a stainless tube that is similar to a segment of the SAS,
but longer (4 m length 1/4 inch o.d.). First, the reference air was injected multiple times
through this tube. Next, we filled the injection tube with the RefCO2 dilution and continued
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the measurements. Figure 3.7 presents the results. The isotopic difference between the two
CO2 samples was about 36 h before isotope exchange. After the isotopic exchange reaction
both gases were equilibrated to δ18 O = (19.03 ± 0.18) h. From the difference in the oxygen
isotopic composition between RefAir and RefCO2 dilution before and after oxygen isotope
exchange, the oxygen exchange efficiency in CuO oven was calculated to be >99.5 %. We
conclude that the oxygen exchange reaction with CuO/Ni wires at 900 ◦ C is complete.

Figure 3.7: Efficiency of oxygen isotope equilibration in the CuO oven. The δ18 O(CO2 ) values of RefAir and a mixture of RefCO2 in synthetic air are shown before and after
isotope equilibration. The last point of the RefAir measurement sequence after exchange is missing because the peak of the last run was accidentally not registered.

3.3.3 Error analysis
In order to investigate the long-term stability of our CF-IRMS system and the measurement
uncertainty, 540 aliquots of reference air were injected continuously to the CF-IRMS system
for 50 hours, comprising 270 individual measurements of the complete isotopic composition
of CO2 . The standard deviation of ∆17 O(CO2 ) over all 270 measurements was 1.22 h. This
is the error that we assign to a single measurement with the new analytical system. In our
previously published method (Mrozek et al. 2015), the ∆17 O(CO2 ) standard deviation in such
a long-term stability test was 1.68 h. The improvement compared to the system described in
Mrozek et al. (2015) is due to the replacement of the isotope exchange medium from powdered
CeO2 to CuO wires, and through abandonment of a liquid nitrogen trap for re-focusing of the
isotopically equilibrated CO2 . For δ18 O(CO2 ) and δ13 C(CO2 ) the standard deviation over all
270 measurements was 0.06 h and 0.07 h, respectively, vs. 0.16 h and 0.09 h in Mrozek
et al. (2015).
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Figure 3.8: Correlation of ln(SE) versus ln(n) for ∆17 O(CO2 ) (based on data from Table 3.1),
δ18 O(CO2 ) and δ13 C(CO2 ). SE is the standard error of the mean, and n is the
number of measurements in a package. The experimental SE of ∆17 O, δ18 O and
δ13 C are shown as circles, triangles and black diamonds respectively. The dashed/dotted lines are the theoretically expected slopes for the linear correlation between
ln(SE) and ln(n). For a packages of n≤ 54, the experimentally derived slopes are
-0.46 ± 0.02 for ∆17 O, -0.42 ± 0.03 for δ18 O and -0.45 ± 0.03 for δ13 C. The values are close to the theoretical slope of -0.50 (dotted / dashed lines). Based on
this experiment we expect an uncertainty of ± 0.57 h for ∆17 O of an AirCore air
sample stored in an individual SAS segment.
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To investigate how the measurement error is reduced statistically with multiple measurements on an air sample, we divided the 270 measurements from the stability test into different packages of n numbers of measurements ( two packages of 135 measurements each, three
packages of 90 measurements each, etc.). The experimental standard error (SE) for each set of
packages was then compared to the theoretically expected error. Calculations for ∆17 O(CO2 )
are shown in Table 3.1, the results for ∆17 O(CO2 ), δ18 O(CO2 ) and δ13 C(CO2 ) are displayed
in Fig. 3.8. Since the SE is defined as σ/n0.5 the expected slope on this double logarithmic
plot is -0.50. The error reduction follows the theoretically expected relation quite well. When
the two groups with only two and three members each are neglected, the linear fit to the data
has a slope of -0.46 ± 0.02 for ∆17 O, -0.42 ± 0.03 for δ18 O and -0.45 ± 0.03 for δ13 C. Within
the error, this is close to the theoretical slope of -0.50.
We conclude that repeated measurements on one air sample (up to 54 repetition that corresponds to 2.6 µmol CO2 ) can reduce the uncertainty in ∆17 O(CO2 ) to 0.2 h. More than
54 repetitions on one air sample improves the ∆17 O(CO2 ) uncertainty only marginally. This
uncertainty is in the same range as previously reported techniques for large samples, most
of which did not allow the measurement of very small samples. Bhattacharya and Thiemens
(1989), reported an uncertainty of 0.1 h using a BrF5 -based technique, Brenninkmeijer and
Röckmann (1998) obtained 0.2 h with a two-step fluorination method, Assonov and Brenninkmeijer (2001) reported 0.33 h with a CeO2 exchange method and Mahata et al. (2012)
improved this method to an uncertainty of 0.12 h. The Kawagucci et al. (2005) method is the
only technique that also targeted very small sample sizes (like our system) and they reported
an uncertainty of 0.35 h. For five repeated measurements on one stratospheric air sample
stored in the SAS (an example of a CF-IRMS measurement sequence is given in Fig. 3.5) we
therefore expect an uncertainty of 0.57 h for ∆17 O(CO2 ) and 0.03 h for both δ18 O(CO2 )
and δ13 C(CO2 ). This will be compared to the reproducibility of the actual SAS measurements
in Sect. 3.4.2.
3.4

AIRCORE FLIGHT ON NOVEMBER

5 T H , 2014

The AirCore payload was launched about 100 km upwind from Sodankylä, using a meteorological balloon (67.35 ◦ N, 26.93 ◦ E). The AirCore was released from the balloon at 34.5 km
altitude (at 4.2 hPa) and the coil filled with air during the balloon descent. Time of launch was
10:04 UTC, while the payload landed at 12:40 UTC; thus the total flight duration was 2 h and
36 min. During the balloon ascent the payload travelled south-east towards Sodankylä due to
winds in the stratosphere and troposphere. The payload landed with a parachute 53.8 km east
from the analysis laboratory (67.24 ◦ N, 27.84 ◦ E). After landing the AirCore was transported
to FMI. The analysis of trace gases started 2 hours and 15 minutes after the landing of the
payload. In the laboratory the mole fractions of CO2 , CH4 and CO were measured and the
stratospheric air was transferred into the SAS. The SAS was sent to the laboratory in Utrecht
for CO2 isotope analysis.
3.4.1 Assigning the trace gas data to the SAS segments
We assigned the trace gas mixing ratios measured with the Picarro instrument to the individual
SAS segments based on the flow rate of the carrier gas and the time required to fill the SAS. As
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the SAS has 10 segments, the air in each segment represents 38.6 s of trace gas measurements
with the Picarro instrument. The second piece of information that is necessary for correct
assignment is the starting time for the sub-sampling. This starting time was established by
taking into account the transfer time of air from the outlet of the Picarro analyser to the inlet
of the SAS and the time required to flush out the initial portion of fill-gas from the AirCore.
To ensure that no fill-gas was transferred into the SAS, the top fraction of the stratospheric
air (which immediately follows the fill-gas) also had to be discarded. This way we lost the
stratospheric air from above 25 km. The timing of sub-sampling has in the meantime been
improved to discard less stratospheric air in future samplings.
Figure 3.9 shows which part of the stratospheric AirCore air is stored in which segment of
the SAS, both as function of altitude and pressure. Note that the SAS segments are equally
spaced in pressure change (here 16 mbar/segment) during the descent rather than altitude.
For example, the SAS segment 1 contains air from 24.5 to 21.4 km, while the SAS segment 2
contains air from 21.4 to 19.2 km. An analysis of the trace gas profiles from the AirCore flight
will be published separately.

Figure 3.9: Stratospheric CO2 mole fraction profile for an AirCore descent near Sodankylä, Finland (67 ◦ N), in November 2014, as a function of altitude (km) and pressure
(mbar). The numbers and the various line styles indicate the sub-sampler segments
into which the respective part of the air from the AirCore coil was transferred after
the trace gas analysis. The general trend of the profile agrees with the already published data (Foucher et al. 2011). The distribution of the air sample in the SAS
segments is proportional to the pressure change during the AirCore descent: here
16 mbar per SAS segment.
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3.4.2 ∆17 O(CO2 ) analysis of the AirCore air stored in the SAS
The stratospheric part of the AirCore air from 5th November 2014 flight was measured in
Utrecht between 25 November and 1 December 2014. The results showed that segments 10
and 8 were contaminated with CO2 from outside air. The precise origin of this contamination
could not be determined, but it could have happened when connecting SAS segments to the
injection sub-unit of the CF-IRMS system. Due to an accidental instability in the helium carrier
gas flow, the air sample from the SAS segment 6 was lost.
As shown in Fig. 3.5, we are able to perform five repeated CF-IRMS measurements on the
other seven stratospheric air samples stored in SAS. The average (1 σ) standard deviation
of the raw molecular mass ratios (45/44 and 46/44) of an air sample is 0.04 and 0.02 h
for non-equilibrated CO2 and 0.07 and 0.11 h for equilibrated CO2 respectively. The main
contribution to the measurement error of ∆17 O is the uncertainty in the isotope ratio 45/44
(Brenninkmeijer and Röckmann
Æ 1998). Based on the reproducibility of m/z 45 of equilibrated
and non-equilibrated CO2 ( (0.04)2 + (0.07)2 × 15), the uncertainty in δ17 O for a single
p
measurement is 1.25 h and for a package of five measurements it is 0.56 h (1.25 h / 5).
The error of 0.56 h determined for the real AirCore air measurements agrees very well with
the uncertainty of 0.57 h expected from the long-term stability test (see Sect. 3.3.3). The
standard deviations for all seven successfully measured SAS segments were 0.08 h for δ13 C
and 0.05 h for δ18 O. This results in the standard error of 0.03 h for δ13 C and 0.02 h for
δ18 O for a package of five repeated analyses from a SAS segment. This is again very similar
to the expected error from the long-term stability test as presented in Fig 3.8.
3.4.3 ∆17 O(CO2 )-N2 O correlation
The mole fraction of N2 O is a good tracer for the photochemical processing of long-lived trace
gases in the stratosphere (Kaiser et al. 2006; Park et al. 2004). Nitrous oxide was not measured
in the AirCore air, but CH4 was measured and we use the relationship between stratospheric
CH4 and N2 O mole fractions at high latitudes to translate the CH4 mole fractions to N2 O mole
fractions. For this purpose we used CH4 -N2 O data from two cryosampler flights in the Arctic
in 2009 and 2011 (Engel et al. 2016). The fit function for the CH4 -N2 O data set was provided
to us by Andreas Engel, Goethe University Frankfurt, Germany. The stratospheric pseudo-N2 O
profile derived this way was then averaged according to the 10 individual SAS segments. A
detailed discussion on obtaining N2 O mole fractions from the measured CH4 will be provided
together with the scientific interpretation of the data in (Mrozek et al., Triple oxygen isotope
variations as a tracer of polar vortex air, manuscript in preparation).
In Fig. 3.10 we show the N2 O mole fractions deduced from the CH4 profile versus the
∆17 O(CO2 ) data of the AirCore air samples analysed from the SAS. The linear negative correlation between N2 O and ∆17 O(CO2 ) is well known from previous studies and was discussed
before (Boering et al. 2004; Kawagucci et al. 2008; Wiegel et al. 2013). Here, we use this correlation as an additional, independent check on the system calibration. The AirCore air samples
agree with the already published data, suggesting that our measurements are well calibrated.
The scatter of our data is similar to the variability of the data presented by Kawagucci et al.
(2008). The data presented by Wiegel et al. (2013) show smaller variability, but our measurements were obtained from samples of 25 ml of air at ambient pressure only; this is up to 80
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Figure 3.10: Comparison of the linear negative correlation between ∆17 O(CO2 ) and N2 O from
measurements of the AirCore/SAS samples (red rhombuses) presented here with
literature data from Kawagucci et al. (2008) (blue crosses) and Wiegel et al.
(2013) (black triangles). For the AirCore dataset, N2 O mole fractions were deduced from CH4 mole fractions as described in the text. The horizontal error bars
are a combination of the range of CH4 mole fractions that is combined within a
single SAS segment and the error of the CH4 -N2 O transfer function. The vertical
error bars represent ∆17 O(CO2 ) uncertainty of 0.56 h (1 σ).

times smaller sample size than used in the measurements of Wiegel et al. (2013). The variability of our data around the linear fit is within the analytical uncertainty of 0.56 h (1 σ)
per SAS segment. The uncertainty of the N2 O mole fraction in Fig. 3.10 reflects the standard
deviation of the N2 O profile stored in an individual SAS segment. It is up to 20 ppb (1 σ) for
the high-altitude AirCore air samples where N2 O showed a strong trend and 2 ppb (1 σ) for
lower altitude samples where N2 O is more constant. The complete CH4 , CO and CO2 mole
fraction dataset and in-depth analysis on CO2 isotope measurements from the November 5th
2014 AirCore flight over Sodankylä, Finland, will be published separately.
We conclude that air sampling with an AirCore, followed by sub-sampling of stratospheric
air in 10 segments of the SAS and analysis with the analytical system described here provides
a relatively cost-effective technique for obtaining vertical profiles of the complete isotopic
composition of CO2 in the stratosphere.
3.5

CONCLUSIONS

This article describes the concept of the SAS, a device constructed to recover and store the stratospheric part of air obtained with an AirCore sampler. The SAS described here is an assembly

58

3.6

D ATA A VA I L A B I L I T Y

of 20 m, 1/4 inch o.d., stainless steel tubing divided into 10 segments. Each SAS segment contains 25 mL of air sample at ≈ 980 mbar. During the procedure of sub-sampling air into the
SAS, the air from an AirCore is measured for CO2 , CH4 and CO mole fractions with a Picarro
analyzer. This leads to some mixing of air and partial loss of the vertical information, but once
stored in the SAS, the stratospheric profile of the AirCore air after online analysis is preserved
and the individual sub-samples can be supplied to relatively slow analytical instrumentation.
The SAS is easy to construct and simple to use, also in the field.
To illustrate the scientific possibilities, the SAS was coupled to a continuous flow analytical
system for measurement of the 17 O excess of CO2 . The air from the SAS was supplied via a
new sample introduction system to allow isotope analysis on very small samples. The sample
injection occurs at ambient pressure and we use the reference air as the carrier gas. The determination of ∆17 O of CO2 is performed by measuring CO2 before and after complete oxygen
isotope exchange with a large oxygen reservoir provided by CuO/Ni. The standard error for a
25 mL air sample at stratospheric CO2 mole fraction is 0.56 h (1 σ) for ∆17 O and h (1 σ)
for both δ18 O and δ13 C. The analytical system operates free of liquid nitrogen because the
isotopically equilibrated CO2 does not require a focusing step, unlike the Mrozek et al. (2015)
method.
The concept of SAS and its coupling to the analytical system for measurement of ∆17 O
was validated through measurements on stratospheric air samples obtained during an AirCore
flight over Sodankylä, Finland, in November 2014. ∆17 O shows the expected negative linear
correlation with N2 O, which provides an independent check on the system calibration. In the
future, we plan routine measurements of stratospheric profiles of ∆17 O together with the mole
fractions of CO2 , CH4 and CO from AirCore flights on a regular basis, which could expedite
the use of the isotope signatures for studying stratospheric circulation patterns and reaction
mechanisms. The concept of the SAS will further broaden the scientific questions that can be
addressed by AirCore soundings (e.g. Paul et al. (2016)).
3.6

D ATA A VA I L A B I L I T Y

The datasets are available from https://www.projects.science. uu.nl/atmosphereclimate/Data.php
(APCG, 2016).
—————————–
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Measurements of the oxygen isotopic composition (δ17 O and δ18 O) of CO2 in stratospheric
and upper tropospheric air samples are reported in samples collected over Kiruna, Sweden in
2011 and over Sodankylä, Finland in 2014. Air mass characteristics (polar vortex, vortex edge
and mid latitude-like) were assigned to our samples based on potential temperature and N2 O
mole fraction.
The triple isotope slopes equal 2.23 ± 0.12 for polar vortex samples, 1.96 ± 0.14 for vortex
edge samples and 1.81 ± 0.19 for the air samples of mid latitude-like characteristics. These
large-scale linear fits are forced through a tropospheric CO2 end-member of ln18 O(CO2 ) M D
= 40.72± 0.12 h and ln17 O(CO2 ) M D = 21.50 ± 0.07 h. To investigate variability of the threeisotope slope with extent of chemical processing in the stratosphere, we analyze ∆ln17 O/∆ln18 O
for individual samples of our study and previously published data of Thiemens et al. (1995a),
Alexander et al. (2001), Lämmerzahl et al. (2002), Kawagucci et al. (2005) and Wiegel et al.
(2013). These individual three-isotope slopes vary as a function of chemical processing, indicated by the remaining fraction of N2 O, in a non-linear fashion. The slopes show a maximum
for N2 O mole fractions between 100 and 200 ppb N2 O, and decrease for higher and lower
mole fractions, although the errors increase strongly for samples with near-tropospheric mole
fraction. The absolute values of the individual three-isotope slopes depend strongly on the
choice of the tropospheric end-member and the sensitivity to the assumed tropospheric value
is investigated. We also report that the extrapolated tropospheric end-members for δ18 O from
all of the existing stratospheric investigations do not agree with published high-quality measurements of δ18 O in the upper troposphere.

This chapter is in preparation for publication as an academic journal article in Atmosphere.
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4.1

INTRODUCTION

Measurements of stratospheric and mesospheric air samples (Alexander et al. 2001; Boering
et al. 2004; Kawagucci et al. 2008; Lämmerzahl et al. 2002; Thiemens et al. 1995a; Wiegel
et al. 2013) have revealed strong, mass-independent enrichments of the heavy oxygen isotopes
in CO2 . The mass-independent triple oxygen-isotopic fractionation processes result in a nonzero value of ∆17 O, which is defined as ∆17 O = δ17 O - λ × δ18 O (or in logarithmic form
∆17 O = ln17 O - λ×ln18 O ), where λ describes the mass-dependent relationship between the
three oxygen isotopes and for mass-dependent processes ranges between 0.50 and 0.53 (Kaiser
2008). Numerous labolatory measurements have shown that the relative enrichments in 17 O
and 18 O originate from the isotope exchange of CO2 with O(1 D) via a short lived CO∗3 (or
CO2 Q∗ intermediate, where Q is the heavy oxygen isotope). The most important exchange
process is the O(1 D) quenching reaction 4.1, first proposed by Yung et al. (1991). Perri et al.
(2003) showed that there is also a non-quenching exchange channel 4.2.
Q (1 D ) + CO2 → CO2 Q∗ → O (3 P ) + COQ

(4.1)

Q (1 D ) + CO2 → CO2 Q∗ → O (1 D ) + COQ.

(4.2)

The accumulation of heavy oxygen in stratospheric CO2 is largely controlled by the abundance of O(1 D) which is produced by UV photolysis of O3 . Ozone itself is known to possess
strong and mass independent oxygen isotope signature, with isotope enrichments of the order
of 100 h relative to air O2 (Brenninkmeijer et al. 2003; Schueler et al. 1990; Thiemens 2013).
Even higher enrichments were measured with optical techniques on stratospheric balloons
(Haverd et al. 2005). These enrichments originate from strong variations in isotope specific
rate coefficients for O3 formation reactions (Janssen et al. 2003; Mauersberger et al. 1999).
Although heavy oxygen isotope transfer from O3 to CO2 via the above reactions is firmly established and has been studied in numerous investigations (Chakraborty and Bhattacharya 2003;
Johnston et al. 2000; Perri et al. 2003; Shaheen et al. 2007; Wen and Thiemens 1993; Yung
et al. 1991), it is still debated whether additional (mass dependent and/or mass independent)
isotope fractionation processes affect the O atom transfer from O(1 D) to CO2 . In addition, Liang et al. (2007) mentioned the importance of oxygen photolysis by solar Lyman-α radiation
in the mesosphere as additional source of O(1 D) which is expected to be 10 - 100 times more
enriched in 17 O and 18 O than O(1 D) from O3 photo-dissociation in stratosphere.
In addition to the non-zero value of ∆17 O, often referred to as 17 O excess, the mass independent component of the enrichment can also be characterized and quantified by the
three-isotope slope in the plot δ17 O vs. δ18 O (or in logarithmic form ln17 O vs. ln18 O, where
ln17 O = ln(δ17 O + 1) and ln18 O = ln(δ18 O + 1)), relative to a suitable starting point on the
mass-dependent fractionation line (MDF line). For mass-independent processes involving O3 ,
this slope is strongly different from the value of ∼0.5 that is expected for mass dependent processes. Sampling campaigns with airplanes, atmospheric balloons and with a rocket have been
carried out to observe isotope enrichments of stratospheric CO2 in real air samples, to investigate the three-isotope slopes and to provide input for the atmospheric models. The observed
three-isotope slope for the high-altitude (30 - 60 km) dataset from New Mexico (30◦ N), is ∼
1.2 (Thiemens et al. 1995a), but an extrapolation of the linear fit through these data does not
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pass through the isotopic composition of tropospheric CO2 . For the low-stratospheric (12 - 21
km) balloon air samples of Alexander et al. (2001) collected inside polar vortex on February
1997 near Kiruna, the best fit line passes through the mass-dependent fractionation line at
δ18 O = 40.9 h. The three-isotope slope for this dataset is within the 1.5 - 1.6 range. Lämmerzahl et al. (2002) reported a very tight relationship of δ17 O t r op−CO2 = (1.71 ± 0.03) ×
δ18 O t r op−CO2 in a joined dataset of high-altitude (18 - 33 km) balloon samples from Kiruna
(68◦ N) and Aire-sur-l’Adour (44◦ N). A least-squares regression analysis of stratospheric and
upper-tropospheric air samples from Sanriku (39◦ N) and Kiruna (Kawagucci et al. 2008)
showed a slope of 1.63 ± 0.10, within the measurement error of Lämmerzahl’s value. Most recently, Wiegel et al. (2013) reported balloon and airplane samples that exhibit a three-isotope
slope of 2.22 ± 0.07 for the Arctic vortex and 1.95 ± 0.05 in the non-vortex and mid latitude region. The triple oxygen isotope composition of stratospheric CO2 integrates the photochemical
processing of CO2 in the stratosphere and is therefore an integrating tracer for stratospheric
photochemistry. Possible variations in the precise value of the enrichment, or alternatively the
three-isotope slope may therefore contain interesting information about stratospheric chemistry and transport processes.
In this study, we report new measurements of the anomalous isotopic composition of stratospheric CO2 from whole air samples collected at high-latitudes (68◦ N) with an AirCore sampler
(Karion et al. 2010) and on the Geophysica M55 airplane as part of the EU project RECONCILE
(von Hobe et al. 2013). Our measurements complement already published measurements of
stratospheric CO2 and provide new data in the so far under-explored polar vortex edge region.
We use reconstructed N2 O mole fraction and potential temperature to assign to the air samples
polar vortex, vortex edge or mid latitude-like characteristics. We then investigate variations
in the three-isotope slope in relation to N2 O as a tracer for photochemical processing in the
stratosphere.
4.2
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The stratospheric whole air samples were collected during two sampling campaigns and using
two different sampling systems:
1. Air from the upper-troposphere and lower-stratosphere (9 - 18 km) was sampled in 2 L
volume stainless steel flasks filled to 2 - 4.5 atm pressure on board of the high-altitude
aircraft M55 Geophysica during the EU project RECONCILE (von Hobe et al. 2013).
The samples were collected in the polar region during two flights from Kiruna, Sweden
into the Arctic Vortex on 11th and 16th December 2011 (62 - 71 °N, 2 - 23 °E). We
refer to these samples as airplane samples. Further details on sample collection on the
Geophysica aircraft can be found in Kaiser et al. (2006).
2. Air from the lower and mid-stratosphere (12 - 25 km) was collected with the AirCore
sampler (Karion et al. 2010) launched near Sodankylä, Northern Finland on 5th November 2014 (67.4 °N, 26.6 °E). The collected air was subsequently sub-sampled into a
Stratospheric Air Sub-sampler (SAS) (Mrozek et al. 2016), which consists of 25 cm3
volume loops of 1/4 inch stainless steel tubing, at ambient pressure. Samples collected
with an AirCore are thus more than two orders of magnitude smaller than the aircraft
samples. We refer to these samples as AirCore samples.
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The airplane air samples were transported to the Institute for Marine and Atmospheric
Research Utrecht (IMAU), for stable isotope analysis of CO2 and measurement of mole fraction and isotopic composition of CH4 . The δ17 O and δ18 O of CO2 were measured with a
continuous-flow isotope ratio mass spectrometry (CF-IRMS) technique (Mrozek et al. 2015).
The complete oxygen isotopic composition of CO2 was derived from isotope measurement
on two CO2 aliquots: one aliquot of unmodified CO2 and one aliquot of CO2 after complete
oxygen isotope equilibration with hot cerium oxide (CeO2 ) powder.
The vertical profiles of CO2 , CH4 and CO mole fractions of the AirCore air samples were
first measured with a Picarro gas analyzer by the Finnish Meteorological Institute in Sodankylä,
Finland, quickly after recovery of the AirCore payload. After the on-line trace gas analysis the
stratospheric part of the air collected with the AirCore coil was transferred into a Stratospheric
Air Sub-sampler (SAS) and sent to IMAU for oxygen isotope analysis of CO2 . The CF-IRMS
technique described in Mrozek et al. (2015) was adapted for analysis of air directly from the
SAS: the sample injection was re-designed to accept air at ambient pressure; the carrier gas
in the inlet system was changed from helium to whole air from a reference cylinder itself; the
oxygen isotope equilibration medium CeO2 was replaced by copper oxide (CuO). The coupling
of the SAS to the CF-IRMS system to determine the 17 O excess of CO2 is described in Mrozek
et al. (2016).
After analysis, it became obvious that the δ18 O(CO2 ) values of the airplane samples showed
a clear offset compared to the AirCore samples and already published data. This offset is clearly
apparent in the correlation diagram of δ18 O(CO2 ) versus N2 O. It appears to involve a mass
dependent fractionation in the analytical system for the airplane samples since ∆17 O(CO2 ) is
not affected. We do not believe that this is an atmospheric signal, but suspect an experimental
problem, which unfortunately could not be identified afterwards. Therefore, the δ18 O(CO2 )
data of the airplane samples reported below have been corrected by -1.0 h. The value of
the correction is based on the observed offset from the well established δ18 O(CO2 ) : N2 O
correlation. Our final δ18 O dataset together with the previous observations of Thiemens et al.
(1995a), Kawagucci et al. (2008) and Wiegel et al. (2013) and the linear fit to Wiegel et al.
(2013) used for inter-calibration purpose is given in Appendix (see Figure 4.9).
The overall CO2 oxygen isotope dataset reported in this work composes of 29 stratospheric
air samples (22 airplane air samples + 7 AirCore air samples). The dataset includes: 12 samples
with polar vortex characteristics, 12 samples from the vortex edge region and 5 mid latitudelike samples. We provide sampling and measurement details for all atmospheric air samples
described in this work in Appendix, Table 4.3.
4.2.1 N2 O retrieval from CH4
Stratospheric tracers such as CH4 and N2 O exhibit a high degree of similarity in their spacial distributions. Both tracers have tropospheric sources and stratospheric sinks, i.e. N2 O is
removed from the atmosphere through photolysis and reaction with O(1 D) (Greenberg and
Heicklen 1970; Park et al. 2004; Ravishankara et al. 2009) while CH4 through reaction with
OH, O(1 D) and Cl (Röckmann et al. 2011). Since the two long-lived trace gases exhibit sufficiently slow chemical production and loss, their distribution is largely driven-by atmospheric
transport and resulting in a tight correlation (Plumb 2007). Therefore, to infer the N2 O mole
fractions of the airplane and AirCore samples we use a high altitude N2 O - CH4 correlation
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Figure 4.1: High altitude N2 O - CH4 correlation from air samples collected during two Cryosampler flights in the Arctic in 2009 and 2011 (Engel et al. 2016). The CH4 and
N2 O error bars are smaller than the size of the symbols (below 3.6 ppb and 1.6
ppb, respectively).

pattern from two cryogenic whole air sampler flights launched in Kiruna, Sweden in 2009
and 2011 (Engel et al. 2016). Figure 4.1 illustrates the N2 O and CH4 measurements from the
cryosampler flights and the fit function to N2 O - CH4 correlation. The analytical form of the
third-order polynominal fit function is given as:
N2 O ([ C H4 ]) = 9.5582861 · 10−8 · [ C H4 ]3 + 3.636973 · 10−4 · [ C H4 ]2
− 0.1918 · [ C H4 ] + 45

(4.3)

The CH4 mole fractions in Eq. 4.3 are expressed in ppb. We assume that the fit function given
in Eq. 4.3 is appropriate for our dataset because the Cryosampler flights covered stratospheric
altitudes of our interest (up to 34 km), and are relatively close in time and space to our samples.
The errors of the fit parameters are discussed in Sect. 4.2.1.
Table 4.3 in the Appendix contains the CH4 measurements for our samples (including measurement precision), and the inferred N2 O mole fractions. For each air sample the potential
temperature was calculated individually from the in-situ measurements of temperature and
pressure (see Table 4.3 in the Appendix).
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4.3
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4.3.1 Air sample characteristics
Following a tracer-based method of defining air mass characteristics in the stratosphere (Greenblatt et al. 2002) we distinguish three groups of air samples with vortex, vortex-edge and mid
latitude character. Each region is defined in N2 O - potential temperature (θ ) space (Fig. 4.2)
and reflects different photochemistry and dynamic activity in the stratosphere.

Figure 4.2: Tracer based method to assign air mass characteristics to stratospheric air samples
(Greenblatt et al. 2002). The dashed lines divide the stratosphere into three distinct
regions: polar vortex, vortex edge and mid latitude surf zone. In addition to our
aircraft and AirCore dataset we also show aircraft data of Wiegel et al. (2013).
The dashed lines in Fig. 4.2 show the borders between the three regions. In the polar vortex
region, the lowest N2 O mole fractions for a given θ are observed. A relatively straight linear
correlation between N2 O and θ (inside the vortex Greenblatt et al. (2002) report an average
N2 O variability of ∼6 ppb on potential temperature surface) indicates that the air in that
region has been well mixed. This is the result of a strong physical isolation of the air inside
the vortex during Arctic winter time. The region on the right hand side of Fig. 4.2, with high
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N2 O mole fractions for a given θ , characterizes air from the mid latitude surf-zone. Here, the
correlation between N2 O - θ is less pronounced than in the vortex region. Air mixing in the
surf-zone occurs over several thousand kilometers and therefore the air is less homogeneous.
The region in-between these two characterizes air in the vortex boundary region, the vortex
edge. The air near the vortex edge is strongly inhomogeneous (Nash et al. 1996).
Our airplane dataset consist of 22 air samples, 10 from the vortex edge region and 12 from
the polar vortex region. In the AirCore dataset 5 out of 7 samples exhibit mid latitude-like
character (these are high latitude air samples with the mid latitude characteristics) and 2
samples fall into the vortex edge region in the N2 O - θ plot. Since these are the air samples
from SAS segments 3 and 4, we conclude that air from the vortex edge was mixed into mid
latitude-like air at around 20 km. The air that descends in the vortex has been processed
photo-chemically before it was transported into the vortex, that is why we find lower N2 O
mole fractions for these two samples .
4.3.2 Three-isotope plot
We present our stratospheric observations in Fig. 4.3 in a three-isotope plot together with
the already published data of Thiemens et al. (1995a), Alexander et al. (2001), Kawagucci
et al. (2008), Lämmerzahl et al. (2002) and Wiegel et al. (2013). From their observations of
CO2 samples collected on balloons in the middle and lower stratosphere and at mid and high
northern latitudes, Lämmerzahl suggested that a very well defined three-isotope slope of 1.7
should be observed throughout the stratosphere. The work by Wiegel et al. (2013) provided
high-altitude aircraft samples collected mainly at the lower parts of the polar stratosphere,
which fall above 1.7 correlation line and exhibit a three-isotope slope of 2.2. In the threeisotope plot, we include the correlation lines fitted to observations by Lämmerzahl et al. (2002)
and Wiegel et al. (2013) for reference.
The majority of our air samples (19 out of 29) fall in between the correlation lines with a
slope of 1.7 and 2.2. Our high altitude vortex dataset fall close to a line with a slope of 2.2.
The larger variability in the vortex edge samples is related to the variability of air within this
region, as indicated in the N2 O : potential temperature plot (see Figure 4.2), where the vortex
edge samples cover the space between Wiegel’s vortex and mid-latitude data.
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Figure 4.3: Three-isotope plot for stratospheric air samples presented in this work and for previous observations of Thiemens et al. (1995a), Alexander et al. (2001), Kawagucci
et al. (2008), Lämmerzahl et al. (2002) and Wiegel et al. (2013). The marker
color defines the character of an air sample: blue - polar vortex, light blue - vortex
edge, green - mid latitude and red - tropical or tropically influenced air samples.
The marker shape defines the origin of a dataset: this work(), Wiegel(◦) and
Thiemens(4). The above approach cannot be used to assign an air sample characteristics to the samples of Alexander (×), Kawagucci (+) and Lämmerzahl (∗).
These datasets are, shown by the line markers and were differentiated based on the
sampling location: polar region for air samples from Kiruna (68◦ N); mid latitude
region for air samples from Sanriku (39◦ N) or Aire-sur-l’Adour (44◦ N). Polar and
mid latitude region approximate air sample origin and do not specify the air sample
characteristics because no N2 O values were reported. For the purpose of this work
we treat samples obtained with balloons launched from the polar region as polar
vortex air samples. A black star represents the isotopic composition of the selected
tropospheric end-member(see Sect. 4.3.3 for details). The black dotted line is the
mass dependent fractionation line (MDF line) with a slope of 0.528. All oxygen
isotope enrichments are expressed in h vs. VSMOW and on the logarithmic scale,
i.e. ln17 O = ln(δ17 O + 1) and ln18 O = ln(δ18 O + 1).
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Table 4.1: Summary of three-isotope slopes for stratospheric air samples described in this work.
In the absence of upper-tropospheric air samples, the linear least-squares regression
to our dataset was forced through the CO2 tropospheric end-member of ln18 O =
40.72 h and ln17 O = 21.50 h.
SA no. and source

Flight date

SA characteristics

Altitude [km]

12 × airplane

Dec 2011

polar vortex

16 - 19

3-isotope slope (±1 σ)
2.23 +/- 0.12

10 × airplane/2 × AirCore

Dec 2011/Nov 2014

vortex edge

16 - 19

1.96 +/- 0.14

5 × AirCore

Nov 2014

mid latitude-like

12 - 24

1.81 +/- 0.19

Since our dataset does not allow constraining a well-defined isotopic composition of uppertropospheric air, the linear least-squares regression to our dataset was forced through a representative CO2 end-member (see Sect. 4.3.3). The three-isotope slopes for our samples of polar
vortex, vortex edge and mid latitude-like character are given in Table 4.1. For the polar vortex
and vortex edge slopes, the slopes are 2.23 ± 0.12 and 1.96 ± 0.14 respectively, in good agreement with the slope of 2.22 ± 0.07 assigned to high-latitude vortex samples in Wiegel et al.
(2013). The variability in the three isotope slopes are discussed further in Sect. 4.3.4. The
slope calculated over all mid latitude-like samples is 1.81 ± 0.19 agreeing with the data from
Lämmerzahl et al. (2002). The relatively high uncertainty in that slope originates from one
AirCore sample from SAS segment 7, which is a low-stratospheric air sample collected at an
altitude of 14 km. If only mid latitude-like samples without SAS segment 7 are considered, the
slope of our mid latitude samples increases to 1.94 and the error (1 σ) of the slope decreases
to ± 0.06. This result is consistent with Wiegel et al. (2013) who reports a mid latitude slope
of 1.95 ± 0.05 for mid latitude and mid latitude-like samples from high latitudes and a slope
of 1.7 ± 0.2 for the same dataset but including low-stratospheric air samples that introduce
a high slope variability. However, the three-isotope slopes depend on the choice of the tropospheric CO2 end-member. Various CO2 end-members have been used previously: Lämmerzahl
et al. (2002) have adopted δ18 O and δ17 O values of 41 h and 21 h, respectively (equivalent to ln18 O(CO2 ) = 40.18 h, ln17 O(CO2 ) = 20.78 h and ∆17 O(CO2 ) of -0.65 for λ =
0.528), while Wiegel et al. (2013) have adopted the same ln18 O value and corrected the ln17 O
value to 21.16 h, so that the tropospheric CO2 end-member is mass-dependently fractionated
(∆17 O(CO2 ) of -0.05 for λ = 0.528). In Appendix, Table 4.4 we summarize the three-isotope
slopes assigned to our dataset using 3 different CO2 end-members: the end-member of Wiegel
et al. (2013), Lämmerzahl et al. (2002) and the end-member adopted in this work (see Sect.
4.3.3).
Another observation in the three isotope plot is that at high altitudes there seems to be
no difference between mid latitude and polar samples anymore. High altitude samples of
Lämmerzahl, Kawagucci and Thiemens appear to tilt towards the line with slope 1.7 and
the three-isotope slope decreases at high altitudes. When the linear regression is not forced
through a tropospheric end-member the slope can be far lower, and Thiemens et al. (1995a) in
fact reported a slope of 1.2 for their high altitude rocket samples. The variability is discussed
further in Sect. 4.3.4.
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4.3.2.1 Correlation of ∆17 O(CO2 ) with N2 O
Figure 4.4 shows the correlation of ∆17 O and N2 O mole fraction for this study and the previous
observations of Thiemens et al. (1995a), Kawagucci et al. (2008) and Wiegel et al. (2013).
Both quantities are negatively correlated, because N2 O is removed in the stratosphere whereas
the ∆17 O is produced in the stratosphere. Both are related to similar photochemical processes.
The long time scales of photochemistry compared to isentropic mixing then lead to the compact
near-linear relation between these two long-lived tracers (Plumb 2007). The linear regression
to the joined datasets in the N2 O regime of 50 - 350 ppb is ∆17 O = (-0.0224 ± 0.0007) × N2 O
+ (6.9932 ± 0.1426). Despite the fact that the samples were collected at different locations
and altitudes and over a period of 22 years, the correlation coefficient R2 = 0.89. The highaltitude air samples of Thiemens et al. (1995a), Kawagucci et al. (2008) and Lämmerzahl et al.
(2002) with N2 O > 50 ppb deviate strongly from the linear negative trend. The N2 O tracer is
basically completely removed at a ∆17 O value of 8 h, whereas ∆17 O increases further up to
11.5 h because the CO2 + O(1 D) exchange still continues when most of the N2 O is removed.

Figure 4.4: ∆17 O(CO2 ) as a function of N2 O for data from this study and the previous observations of Thiemens et al. (1995a),Kawagucci et al. (2008) and Wiegel et al.
(2013) with 1 σ measurement uncertainties for ∆17 O. The samples that deviate
from the linear negative trend and exhibit N2 O mole fractions lower than 50 ppb
are of mesospheric origin (Liang et al. 2007).
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4.3.3 Tropospheric CO2 end-member
The concept of the tropospheric CO2 end-member was already introduced above, and here
we investigate the dependence of the results on the precise choice of this end-member. The
oxygen isotope composition of the tropospheric end-member was calculated by extrapolation of the correlation lines fitted to the observations from Wiegel et al. (2013) and Lämmerzahl et al. (2002) in the three-isotope plot to the mass dependent fractionation line (MDF)
with a slope of 0.528, see Fig. 4.5. Wiegel’s stratospheric observations cross the MDF line at
ln18 O(CO2 ) M DF = 40.60 h and ln17 O(CO2 ) M DF = 21.44 h, while Lämmerzahl’s observations at ln18 O(CO2 ) M DF = 40.85 h and ln17 O(CO2 ) M DF = 21.57 h, respectively. We chose
the mean of these two values, ln18 O(CO2 ) M DF = 40.72± 0.12 h and ln17 O(CO2 ) M DF =
21.50 ± 0.07 h to represent the oxygen isotope composition of the tropospheric end-member
adopted in this work. We note that the ln17 O and ln18 O values of our CO2 end-member are
the consequence of our choice of λ and an assumption that ∆17 O of tropospheric CO2 = 0. For
λ we adopt value of 0.528 as Lämmerzahl et al. (2002), Assonov and Brenninkmeijer (2003),
Kaiser (2008), Wiegel et al. (2013), Mrozek et al. (2015) and Mrozek et al. (2016) did in
their computational and experimental work on 17 O anomaly in CO2 . However Hofmann et al.
(2012) have shown that for CO2 -water equilibration λ =0.522 ± 0.002 and this value of λ
has been widely used as well, e.g. studies of long-term trends in ∆17 O of tropospheric CO2
(Thiemens et al. (2014), Hofmann et al. (2017).
The uncertainty of ln17 O and ln18 O is chosen to cover the range between the extrapolation
lines from Wiegel et al. (2013) and Lämmerzahl et al. (2002) on the MDF line and differs from
the measurement uncertanity (1 σ) for startsopheric CO2 samples of Wiegel et al. (2013) and
Lämmerzahl et al. (2002).

Figure 4.5: Choice of the tropospheric CO2 end-member adopted in this work. The linear regression to the dataset of Wiegel et al. (2013) is ln17 O = 2.2047 × ln18 O - 68.081
and to the dataset of Lämmerzahl et al. (2002) is ln17 O = 1.7038 × ln18 O - 48.035
respectively. The MDF line has a slope of 0.528 (ln17 O = 0.528 × ln18 O).
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We note that the tropospheric end-member derived by extrapolation of the stratospheric
data adopted by Lämmerzahl et al. (2002), Wiegel et al. (2013) therefore also in this work
appears to be in disagreement with direct isotope measurements in the troposphere. Welp
et al. (2011) reported an average value for tropospheric air in the northern hemisphere of
ln18 OCO2/V SM OW of 41.15 h (after scale conversion from the originally reported value of
about δ18 OCO2/ P DB−CO2 = 0.5 h), which is about 1 h higher than what Lämmerzahl et al.
(2002) and Wiegel et al. (2013) have adopted for δ18 O of their tropospheric end-member,
and also about 0.4 h higher than what we adopted in this work. Kaiser (2008) already noticed that the δ18 O value of lower stratospheric CO2 was depleted by about 1.2 h relative to
near-surface CO2 measurements and concluded that it was a measurement bias. Stratospheric
measurements have in general higher uncertainty than tropospheric measurements, therefore
the observed effect may be due to a calibration. Another possible source of bias is that the
linear extrapolation from the stratospheric observations may not be fully adequate. e.g. because of a curvature in the lower stratosphere, which cannot be detected with the present
measurement precision or because of the seasonal variability in the isotopic composition of
tropospheric CO2 (Assonov et al. 2010; Cuntz et al. 2003). Another reason could be that due
to a seasonality of strat-trop exchange, the input of CO2 into the stratosphere is not equal
to the annual average of the upper tropospheric value. If the effective three-isotope slope decreases at high-altitudes (as we observe for Thiemens et al. (1995a)) then the intercept of the
linear fit could be biased towards slightly lower values. Finally the assumption that ∆17 O of
tropospheric CO2 = 0 might be overlooked. Thiemens et al. (2014) reports the presence of
an anomalous oxygen isotopic composition (∆17 O t r op > 0) in tropospheric CO2 relative to λ
of 0.522 and a decreased in ∆17 O t r op from steady state value of (0.08 ± 0.04) h to (0.02 ±
0.02) h between 1997 and 1999. However, when expressed relative to λ = 0.528, ∆17 O t r op
is negative and the steady state value of ∆17 O t r op = -0.12 ± 0.04 h. In the newest study
Hofmann et al. (2017) reports global average ∆17 O in tropospheric CO2 of 0.06 ± 0.03 h
based on revised mass balance calculation with Monte Carlo simulation and relative to massdependent slope of λ = 0.5229. The model calculation and measurements of ∆17 O confirm
that ∆17 O(CO2 ) t r op is sensitive to the gross primary productivity and exhibit seasonal variations. Again, when expressed relative to MDF line with a slope of 0.528 the ∆17 O t r op value
is negative. For λ = 0.528 the global average ∆17 O of tropospheric CO2 = -0.14 ± 0.03 h.
As default value for the further evaluation, we chose a tropospheric CO2 end-member of
ln18 O = 40.72 h, ln17 O = 21.50 h as defined above from the extrapolation of the stratospheric datasets. However, we note that the choice of the end-member is significant when
calculating individual three-isotope slopes as discussed further in Sect. 4.3.4.1.
4.3.4 The triple oxygen isotope slope of an individual sample
When a tropospheric CO2 end-member has been defined it is possible to calculate a threeisotope slope for each individual data point, which may reveal additional variability that is
averaged out in the linear fits. The ∆ln17 O/∆ln18 O values are calculated following Eq.4.4,
and represent the slope between the stratospheric sample (index SA) and the tropospheric
end-member (index trop) in a ln17 O - ln18 O plot.

72

4.3

R E S U LT S A N D D I S C U S S I O N

l n17 OSA − ln17 Ot r op
∆l n17 O
= 18
18
∆l n O
l n OSA − ln18 Ot r op

(4.4)

We calculate the slope errors with the NIST uncertainty calculator (https://uncertainty.nist.gov/)
using the experimental error for the stratospheric sample and the above estimated error for
the tropospheric end-member (0.07 h for ln17 O t r op and 0.12 h for ln18 O t r op ) as input, and
taking into account the mass-dependent correlation for the tropospheric CO2 end-member
(ln17 O t r op = 0.528 × ln18 O t r op ). Table 4.3 includes ∆ln17 O/∆ln18 O values of our samples .
Figure 4.6 displays the individual slope values as a function of N2 O mole fraction together
with the observations of Thiemens et al. (1995a), Kawagucci et al. (2008) and Wiegel et al.
(2013). The Lämmerzahl et al. (2002) and Alexander et al. (2001) datasets are not included
due to lack of N2 O records. The lowest stratospheric air samples for which ln18 OSA - ln18 O t r op
< 0.12 h are excluded from Fig. 4.6. These samples are so close to the tropospheric endmember that no meaningful slope can be calculated. The ∆ln17 O/∆ln18 O values averaged
over remaining samples with the similar characteristic are summarized in Table 4.2. To investigate the slope variability in the atmosphere, we divide Fig. 4.6 into four regimes based on the
N2 O mole fraction:
• [0 to 50 ppb N2 O] is the mesosphere / upper-stratosphere region with the high-altitude
samples of Thiemens et al. (1995a) and Kawagucci et al. (2008). The Kawagucci et al.
(2008) samples are from both mid latitude and polar latitudes. The Thiemens et al.
(1995a) samples are from the mid latitude region, some of the samples are tropically influenced (Wiegel et al. 2013). The tropically influenced samples of Thiemens exhibit the highest slopes (av.∆ln17 O/∆ln18 O = 2.19 ± 0.36), the mid latitude samples
of Thiemens yield an average slope of ∆ln17 O/∆ln18 O = 1.69 ± 0.15, close to the
Lämmerzahl 1.7 correlation line. The average slope of all samples from the upperstratosphere / mesosphere region is 1.81 ± 0.23.
• [50 to 120 ppb N2 O] is the mid-stratosphere region with high altitude samples of
Thiemens et al. (1995a), Wiegel et al. (2013), Kawagucci et al. (2008) and one AirCore
air sample. The tropically influenced samples and the samples of mid latitude and polar
vortex characteristics are present here. The ∆ln17 O/∆ln18 O values are all above the
Lämmerzahl’s reference line of slope 1.7. The average slope over the mid-stratosphere
regime is 2.10 ± 0.19.
• [120 to 260 ppb N2 O] is the low to mid-stratosphere region with airplane and AirCore
samples of mid latitude-like, vortex edge and polar vortex characteristics. This region
contains also the Wiegel et al. (2013) and Kawagucci et al. (2008) samples of similar
characteristics. No tropically influenced samples are included here. The ∆ln17 O/∆ln18 O
values are diverse (below and above the lines with slopes 1.7 and 2.2). This result is consistent with the three isotope plot (Fig. 4.3), where our airplane and AirCore samples
are below and above Lämmerzahl’s and Wiegel’s correlation lines. The high diversity
in the slope values over the low stratosphere region, and the smaller distance from the
tropospheric end-member result in a rather large error of the averaged slope of 2.24 ±
0.62.
• [260 to 350 ppb N2 O] is the lower-stratosphere / upper-troposphere region that contains 2 AirCore samples of mid latitude characteristics, as well as samples from mid
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latitudes and polar region from Wiegel et al. (2013) and Kawagucci et al. (2008). The
small difference between ln18 OSA and ln18 O t r op , in combination with constant errors,
lead to very high errors for the individual slopes, that can be as large as the value of the
slope itself. The average slope over the low-stratosphere and upper-troposphere regime
is 1.23 ± 1.09.

Figure 4.6: ∆ln17 O/∆ln18 O versus N2 O mole fraction, calculated with a tropospheric end
member for ln17 O t r op = 21.50 h and ln18 O t r op = 40.72 h. The horizontal lines
with the slopes of 1.7 and 2.2 are the correlation lines of Lämmerzahl et al. (2002)
and Wiegel et al. (2013) from the three-isotope plot (see Fig. 4.3).
Table 4.2 lists averages of the individual three-isotope slopes for distinguished N2 O regimes for our data set and for previously published measurements of stratospheric CO2 from
Thiemens et al. (1995a), Kawagucci et al. (2008) and Wiegel et al. (2013). The ∆ln17 O/∆ln18 O
values averaged over high-altitude data of Thiemens et al. (1995a), Kawagucci et al. (2008)
and Lämmerzahl et al. (2002) in the mesosphere and upper-stratosphere equal 1.81 ± 0.23
, and 2.10 ± 0.19 in the middle-stratosphere. Liang et al. (2007) explain mass-independent
fractionations of oxygen in mesospheric CO2 with Lyman-α photolysis of O2 (16 O17 O and
16 18
O O). In the mesosphere the Lyman-α photolysis of O2 becomes the dominant source of
O(1 D). The O(1 D) from this source is 10 - 100 times more enriched in 17 O and 18 O than O(1 D)
from ozone photo-dissociation at lower altitudes, however the slope decreases. This is because
the δ17 O(1 D) and δ17 O(1 D) resulting from O2 photolysis at ≈ 80 km yield fractionations of
3137.1 h and 10578.6 h, respectively (Liang et al. 2007). The resulting slope of 0.3 means
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Table 4.2: The ∆ln17 O/∆ln18 O slope values, calculated using the tropospheric CO2 endmember of ln18 O = 40.72 h and ln17 O = 21.50 h and averaged over particular N2 O regimes. The symbols indicate: Tr (Thiemens rocket data), Kp and Km
(Kawagucci data from polar and mid latitude region), Wa and Wb (Wiegel airplane
and balloon data), tw (data presented in this work). The numbers in the parenthesis describe the number of air samples in a particular N2 O regime. The errors
correspond to the standard deviation of the ∆ln17 O/∆ln18 O values in a certain N2 O
regime.
N2 O

Sample characteristics:

regime:

Tropical

Midlatitude(-like)

0 - 50 ppm

Tr(2): 2.19 ± 0.36

Vortex edge

Tr(7): 1.69 ± 0.15
Kp(8): 1.83 ± 0.17

17

Polar vortex
Km(2): 1.71 ± 0.10

18

∆ln O/∆ln O averaged over mesosphere / upper-stratosphere region: 1.81 ± 0.23
50 - 120 ppm

Tr(2): 2.24 ± 0.34

Tr(1): 1.88

Wb(4): 2.09 ± 0.08

Wb(3): 2.01 ± 0.15

Wa(1): 2.25

Wa(4): 2.27 ± 0.09

tw(1): 2.00
Kp(7): 2.05 ± 0.25

Km(1): 1.94

∆ln17 O/∆ln18 O averaged over mid-stratosphere region: 2.10 ± 0.19
Wb(2): 2.04 ± 0.01

120 - 260 ppm

Wa(5): 2.37 ± 0.63

Wa(7): 2.36 ± 0.18

Wa(11): 2.26 ± 0.26

tw(2): 1.94 ± 0.19

tw(11): 2.17 ± 0.62

tw(11): 2.38 ± 0.46

Kp(18): 2.26 ± 0.65
17

Km(6): 1.91 ± 0.69

18

∆ln O/∆ln O averaged over mid- / low-stratosphere region: 2.24 ± 0.52
Wa(3): 2.36 ± 1.20

260 - 350 ppm

Wa(2): 0.96 ± 0.66

tw(2): 1.34 ± 0.82
Kp(13): 0.97 ± 1.10
17

Km(2): 1.38 ± 1.35

18

∆ln O/∆ln O averaged over low-stratosphere / upper-troposphere region: 1.23 ± 1.09

that even small amounts of mixing of mesospheric air into the stratosphere will lower stratospheric slopes. In the middle-stratosphere (N2 O regime of 50 to 120 ppb) the multiple sources
of O(1 D) and the dynamical processes may explain high enrichments in CO2 and an average
slope of 2.10 ± 0.19.
The tropically influenced samples of Thiemens et al. (1995a) yield an average ∆ln17 O/∆ln18 O
of 2.19 ± 0.36 in the mesosphere / upper-stratosphere and 2.24 ± 0.34 in the middle-stratosphere
region, respectively, while the mid latitude samples yield an average ∆ln17 O/∆ln18 O of 1.69
± 0.15 in the mesosphere / upper-stratosphere (see Table 4.2). The individual slopes are significantly higher than the linear slope of 1.16 derived for that dataset, because that fit was not
forced through a tropospheric end-member. The discrepancy between the linear fit reported
by Thiemens et al. (1995a) and the ∆ln17 O/∆ln18 O values suggest that the triple oxygen isotope data at high altitudes (>30 km) cannot be linked by a linear trend to the tropospheric
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end-member anymore. In fact, an extrapolation of the fit to their data intersects with the mass
dependent fractionation line at ln17 O = 18.56 h and ln18 O = 35.15 h. This is far lower than
the isotopic composition of tropospheric CO2 . This shows that a single linear regression to
stratospheric observations do not represent well the fractionation processes within the whole
atmosphere.
The low stratosphere region exhibits an average ∆ln17 O/∆ln18 O value of 2.24 ± 0.64. In
the lower stratosphere / upper-troposphere, the ∆ln17 O/∆ln18 O values show high variability
because the distance from the tropospheric end-member is too small. The average, unweighted
∆ln17 O/∆ln18 O slope calculated for all data sets (including Lämmerzahl et al. (2002) and
Alexander et al. (2001)) and averaged over all N2 O regimes is 1.96 ± 0.68. The large scatter
introduced by the lower stratosphere samples does not only reflect atmospheric variability, but
also measurement error. Nevertheless, based on the analysis above, we support the statement
of Wiegel et al. (2013) that a linear, relatively homogeneous ln17 O - ln18 O relationship of 1.7
with a small standard deviation of < 0.1 does not represent the entire stratosphere, but that
different slopes are found in different regions of the stratosphere.
4.3.4.1 The effect of CO2 end-member choice
To investigate the effect of the choice of the tropospheric CO2 end-member on the slope calculation, we also calculate the individual slope values for a tropospheric CO2 end-member with
ln17 O t r op = 21.16 h and ln18 O t r op = 40.18 h, as previously adopted in Wiegel et al. (2013)
(see Fig. 4.7). The ∆ln17 O/∆ln18 O slope values of the air samples are summarized in the Appendix (Table 4.5) and plotted versus N2 O mole fraction in Figure 4.7. The ∆ln17 O/∆ln18 O
calculated for all data sets (including Lämmerzahl et al. (2002) and Alexander et al. (2001))
and averaged over all N2 O regimes is 1.69 ± 0.49.
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Figure 4.7: The same as Fig. 4.6 except that ∆ln17 O/∆ln18 O is calculated with ln17 O t r op =
21.16 h and ln18 O t r op = 40.18 h. The two outliers in the low and mid stratosphere region are located almost vertically above the tropospheric CO2 endmember in the three isotope plot (Fig. 4.3). Due to a relatively high ∆ln17 O of
1.79 h and 2.42 h, and a relatively low ∆ln18 O of 0.50 h and 0.65 h, respectively, the resulting slopes are > 3.5. These points are considered outliers and
excluded when calculating the averages.
The overall behavior in Fig. 4.7 is similar to Fig. 4.6. Close to the tropopause, mixing of tropospheric and lower stratospheric air masses and measurement errors impede precise quantification of the three-isotope slope. The mixing leads to generally lower slopes. In the low
and mid stratosphere, the average slope is 1.82 ± 0.31 (excluding two outliers, see caption of
Fig. 4.7), and in the upper-stratosphere and mesosphere the slope decreases again to a value
around 1.7. The main differences between Fig. 4.6 and Fig. 4.7 are 1) the absolute slope values and 2) the scatter and the errors of the individual slopes in the N2 O regime of 120 - 260
ppb and 260 - 350 ppb. The tropospheric CO2 end-member of ln18 O = 40.72 h and ln17 O
= 21.50 h is higher on the MDF line, which consequently leads to higher slopes for each
individual point. These differences get larger the closer the samples are to the end-member,
and at the same time also the errors increase. The slope dependence on the value of the CO2
end-member is schematically illustrated in Fig. 4.8.
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Figure 4.8: The individual slope (∆ln17 O/∆ln18 O) depends on the choice of the tropospheric
CO2 end-member. A stratospheric air sample (here airplane sample F2-6) exhibits
a individual slope of 2.1 with a CO2 end-member that is lower on the MD line, and
a slope of 3.1 for CO2 end-member that is higher on MD line. A critical factor in
calculating ∆ln17 O/∆ln18 O is the difference between ln18 OSA and ln18 O t r op (see
Eq. 4.4). The MDF line has a slope of 0.528
We conclude that the choice of the triple oxygen isotope composition of the tropospheric
CO2 end-member is critical for calculating the individual slope values. As discussed in Sec.
4.3.3, there is no good agreement between the triple oxygen isotope composition of tropospheric CO2 derived from stratospheric observations and tropospheric CO2 measured directly
in troposphere. The extrapolations from stratospheric measurements of CO2 are consistently
lower than tropospheric measurements of CO2 .
4.4

CONCLUSIONS

1. We report triple oxygen isotope data of CO2 of 29 stratospheric air samples from Kiruna,
Sweden and Sadonkyä, Finland. The data particularly cover the previously undersampled
vortex edge region.
2. Our triple oxygen isotope slope value of 1.82 ± 0.19 for samples with mid latitudelike characteristics is consistent with Wiegel’s observations of 1.95 ± 0.05 for samples
from the mid latitude region. We report a three-isotope slope of 1.96 ± 0.14 for air
samples in the vortex edge region, and a three-isotope slope of 2.23 ± 0.12 for polar
vortex air samples. This is again in agreement with Wiegel et al. (2013) who reports a
three-isotope slope of 2.22 ± 0.07 in high latitude / vortex region for joined data set of
polar vortex and vortex edge air samples. Three-isotope slopes are consistently higher
in vortex air samples than mid latitude samples, with vortex edge samples generally
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falling in between these two groups. The three-isotope slopes depend on the choice of
the tropospheric end-member.
3. The linear extrapolations from previous stratospheric observations to the MD line do not
align with direct isotope measurements of tropospheric CO2 . The isotope compositions
of mass-dependently fractionated CO2 extrapolated from stratospheric observations are
generally lower.
4. When a suitable tropospheric end member has been selected, it is possible to determine ∆ln17 O/∆ln18 O for each individual air sample. The individual three isotope slopes
vary systematically as a function of N2 O with lower values for high and low N2 O mole
fractions and a maximum slope for intermediate CO2 mole fractions. The three-isotope
slopes thus show a variability in the stratosphere, which is less apparent for ∆17 O values.
The absolute individual slope values depend strongly on the choice of the tropospheric
end-member. CO2 end-members that are lower on the mass dependent fractionation
line lead to lower ∆ln17 O/∆ln18 O values, result in less scattered ∆ln17 O/∆ln18 O vs.
N2 O graph and decrease the errors of ∆ln17 O/∆ln18 O values.
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4.5

APPENDIX

Figure 4.9: δ18 O(CO2 ) as a function of N2 O for data from this study and the previous observations of Thiemens et al. (1995a), Kawagucci et al. (2008) and Wiegel et al. (2013).
The δ18 O values of the airplane air samples from this work are shown after a calibration shift of -1 h. The linear fit to Wiegel et al. (2013) used for inter-calibration
purposes is δ18 O(CO2 ) = -0.0157 × N2 O + 46.2416 (R2 = 0.97). The samples
that deviate from the linear negative trend and exhibit N2 O mole fractions lower
than 50 ppb are of mesospheric origin (Liang et al. 2007).

Table 4.4: Sensitivity of the three-isotope slopes of the dataset reported in this work to the
choice of the CO2 tropospheric end-member. The linear least-squares regression is
forced through various tropospheric end-members. For a discussion on the choice
of the tropospheric CO2 end-member see Sec. 4.3.3.
CO2 end-member:

as in Wiegel et al. (2013)

as in Lämmerzahl et al. (2002)

ln18 O; ln17 O

40.18; 21.16

40.18; 20.78

adopted in this work
40.72; 21.50

Whole data set (29 SA)

1.82 +/- 0.06

1.96 +/- 0.06

2.09 +/- 0.08

Polar vortex data (12 airplane SA)

1.97 +/- 0.07

2.09 +/- 0.08

2.23 +/- 0.12

Vortex edge data (10 airplane + 2 AirCore SA)

1.68 +/- 0.09

1.84 +/- 0.10

1.96 +/- 0.14

Midlatitude ( 5 AirCore SA)

1.54 +/- 0.17

1.69 +/- 0.16

1.81 +/- 0.19

Midlatitude ( 4 AirCore SA)

1.66 +/- 0.06

1.81 +/- 0.05

1.94 +/- 0.06
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polar vortex

polar vortex

polar vortex

polar vortex
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polar vortex

polar vortex

polar vortex
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*) N2 O mole fractions retrieved from CH4 , see Sec. 4.2.1 for details.
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67.3

SAS-4

SAS-5
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SAS-2

SAS-3

67.3

67.3

F2-5

SAS-1

67.5

F2-3

69.9

67.7

F2-2

70.4

67.8

F1-18

F2-17

71.2

F1-15

F2-18

70.0

F1-14

70.4

69.1

F1-13

F2-16

68.2

F1-12

70.4

67.3

F1-11

70.4

66.3

F1-3

F2-14

64.9

F1-2

F2-15

°N

65.8

name

Latitude

Sample

23.65

22.83

25.17

24.43

25.22

26.12

26.91

27.36

27.44

27.25

27.76

26.49

27.87

28.52

29.23

26.49

26.02

24.45

23.82

23.86

26.77

28.24

25.89

25.80

26.05

27.11

25.38

23.21

24.03

VSMOW

vs.

δ17 O(CO2 )

42.58

43.03

43.25

43.44

43.92

44.03

44.20

44.17

44.49

43.27

44.32

43.92

43.89

44.69

45.37

43.08

43.76

42.46

42.63

41.67

43.88

44.68

43.57

43.79

43.50

44.35

42.61

41.52

42.63

VSMOW

vs.

δ18 O(CO2 )

23.37

22.57

24.86

24.14

24.90

25.78

26.55

26.99

27.07

26.88

27.38

26.15

27.49

28.12

28.81

26.15

25.69

24.15

23.54

23.58

26.42

27.85

25.56

25.47

25.72

26.75

25.06

22.95

23.74

VSMOW

vs.

ln17 O

41.69

42.13

42.34

42.52

42.98

43.09

43.25

43.22

43.53

42.36

43.36

42.98

42.96

43.72

44.37

42.18

42.83

41.59

41.75

40.83

42.94

43.71

42.64

42.86

42.58

43.39

41.72

40.68

41.75

VSMOW

vs.

ln18 O

1.36

0.33

2.51

1.68

2.21

3.03

3.72

4.17

4.08

4.52

4.49

3.45

4.80

5.04

5.38

3.88

3.07

2.20

1.50

2.03

3.74

4.78

3.04

2.84

3.24

3.83

3.03

1.47

1.70

∆17 O(CO2 )

∆ln17 O/∆ln18 O

1.27± 0.31
1.71± 0.33
0.73± 0.37
1.46± 0.36

1.46 ± 0.33
2.07 ± 0.39
0.76 ± 0.40
1.92 ± 0.64

1.59± 0.25
1.34± 0.26

1.81 ± 0.26
1.50 ± 0.26

1.92± 0.24
1.76± 0.23

2.00 ± 0.25

1.76± 0.22

1.98 ±0.23
2.20 ±0.26

1.96± 0.23
2.63± 0.34

2.05 ±0.29
3.28 ±0.45

1.78± 0.26

2.68 ±0.31
2.23 ±0.25

1.96± 0.21
2.28± 0.27

2.20 ±0.22

2.49± 0.37
1.82± 0.18

1.71± 0.28

1.98 ±0.30
2.00 ±0.18

2.13± 0.52

3.06 ±0.82
3.18 ±0.50

3.73± 1.19
1.52± 0.47

1.99 ± 0.62

1.90± 0.27

1.90± 0.21

1.78± 0.30

1.61± 0.27

1.90± 0.31

1.74± 0.23

2.52± 0.48

3.60± 1.53

1.65± 0.47

40.18, 21.16

trop. end-member:

-

2.21± 0.29

2.13± 0.22

2.11± 0.35

1.86± 0.30

2.26± 0.36

1.96± 0.24

3.54± 0.76

-

2.18± 0.63

40.72, 21.50

trop. end-member:

∆ln17 O/∆ln18 O

Table 4.3: Sampling flight details (coordinates, averaged altitude, potential temperature), and the trace gas mole fractions of the collected air
samples. CO2 oxygen isotope values of 22 aircraft and 7 AirCore air samples
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Table 4.5: The same as Table 4.2 except that ∆ln17 O/∆ln18 O is calculated with the tropospheric CO2 end-member value reported by Wiegel et al. (2013) of ln17 O t r op =
21.16 h and ln18 O t r op = 40.18 h. The explanation of the symbols is given in the
caption of Table 4.2.
N2 O

Sample characteristics:

regime:

Tropical

Midlatitude(-like)

0 - 50 ppm

Tr(2): 2.02 ± 0.30

Tr(7): 1.62 ± 0.13

Vortex edge

Kp(8): 1.73 ± 0.14
17

Polar vortex
Km(2): 1.64 ± 0.08

18

∆ln O/∆ln O averaged over mesosphere / upper-stratosphere region: 1.71 ± 0.18
50 - 120 ppm

Tr(2): 2.00 ± 0.26

Tr(1): 1.74

Wb(4): 1.89 ± 0.06

Wb(3): 1.82 ± 0.12

Wa(1): 1.99

Wa(4): 2.01 ± 0.05

tw(1): 1.76
Kp(7): 1.84 ± 0.18
17

Km(1): 1.77

18

∆ln O/∆ln O averaged over mid-stratosphere region: 1.88 ± 0.15
120 - 260 ppm

Wb(2): 1.79 ± 0.01
Wa(5): 1.68 ± 0.36

Wa(6): 1.96 ± 0.18

tw(2): 1.65 ± 0.09

tw(11): 1.74 ± 0.35*

Kp(18): 1.79 ± 0.32

Wa(11): 1.86 ± 0.23
tw(11): 2.04 ± 0.29*
Km(6): 1.54 ± 0.29

∆ln17 O/∆ln18 O averaged over mid- / low-stratosphere region: 1.82 ± 0.31*
260 - 350 ppm

Wa(4): 1.23 ± 0.32

Wa(3): 1.08 ± 0.58

tw(2): 1.09 ± 0.52
Km(13): 0.87 ± 0.54

Kp(2): 0.95 ± 0.69

∆ln17 O/∆ln18 O averaged over low-stratosphere / upper-troposphere region: 0.98 ± 0.50
*) Calculated excluding outliers, see Fig. 4.7 caption.
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5.1

MAIN FINDINGS

Measurements of the isotopic composition (δ17 O and δ18 O ) of stratospheric CO2 can be used
to study the photochemical processing and transport of CO2 in the stratosphere. However due
to the cost and logistical effort of sampling large amounts of air are required for traditional
measurement systems. In this thesis we have presented new measurement techniques that
would allow routine measurements of the isotopic composition of stratospheric CO2 on very
small samples. We also analyze new data obtained with these techniques, together with previously published data. The thesis work was aimed at answering the following scientific questions that were stated in the introduction.
• How precisely we can measure all single substituted isotopologues (12 C16 O17 C,
12 16 18
C O C, 13 C16 O16 C) in nanomolar quantities of CO2 extracted from stratospheric
air samples?
We have established an online measurement system for analysis of all single substituted isotopologues (12 C16 O17 O, 12 C16 O18 O, 13 C16 O16 O) in nanomolar quantities of CO2 extracted
from stratospheric air samples. The method is based on complete oxygen isotope exchange
with CeO2 at 650 °C (Assonov and Brenninkmeijer, 2001), but was developed as an online technique similar to a system using a copper oxide exchange reagent by Kawagucci et al. (2005).
CO2 is separated from bulk air by gas chromatography and CO2 isotope ratio measurements
(ion mass ratios 45/44 and 46/44) are performed using isotope ratio mass spectrometry
(IRMS). The isotope ratios are derived from isotope measurements on two different CO2 aliquots: unmodified CO2 and CO2 after complete oxygen isotope exchange with cerium oxide
(CeO2 ) at 700 °C. A single measurement requires two injections of 1 mL of air with a CO2
mole fraction of approximately 390 µmol mol−1 at 293 K and 1 bar pressure (corresponding
to 16 nmol CO2 each). The required total sample size (including flushing) is only 2.7 mL of air.
A single analysis (one pair of injections) takes 15 minutes. The analytical system is fully automated for unattended measurements over several days. The standard deviation of a single
17
O excess analysis is 1.7 h, which is not sufficient for high quality analysis, but multiple
measurements on an air sample reduce the measurement uncertainty, as expected for the statistical standard error. The reproducibility of measured ∆17 O is 0.58 h for 10 measurements
(usage of the air sample 30 mL) and can be decreased statistically to 0.2 h (usage of the air
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sample 750 mL). The system is designed for measuring atmospheric air samples with CO2
mole fractions between 360 and 400 ppm. The instrument performance was demonstrated by
measuring CO2 on stratospheric air samples obtained during the EU project RECONCILE with
the high-altitude aircraft Geophysica. The precision for RECONCILE data is 0.03 h (1σ) for
δ13 C, 0.07 h (1σ) for δ18 O and 0.55 h (1σ) for δ17 O for a sample of 10 measurements.
• Can the new high-altitude sampling system AirCore be used as inexpensive platform for providing stratospheric air for 17 O analysis of stratospheric CO2 ?
As mentioned above, high-altitude measurement campaigns with rockets, balloons and aircraft platforms are expensive and therefore not possible to obtain stratospheric samples frequently. An AirCore is alternative lightweight and therefore relatively cheap sampling system
that is easy to build and to transport. An AirCore coil consists of a long (∼ 100 m) piece of
coiled stainless steel tubing that is lifted to an altitude of ∼ 35 km on a balloon with one
end open and the other end closed (Karion et al., 2010). When the AirCore returns from high
altitudes, it fills with ambient air as the pressure increases. In order to collect and to store
the vertical profile of air collected with an AirCore we have successfully developed the Stratospheric Air Sub-sampler (SAS), which is filled from the AirCore after recovery and online
analysis of carbon gases. The SAS device consists of stainless steel tubing that is separated by
valves to divide the tubing into numerous sub-samples. It can be easily transported and the
remaining air can be analysed offline, when the analytical system is capable of analysing very
small air samples at ambient temperature and pressure. We further developed the analytical
technique described in Chapter 2 to allow direct coupling of the SAS to the isotope system.
The improved CF-IRMS analytical system consists of: an ambient pressure sample injection
unit to attach the SAS segments, a gas chromatographic column to separate the CO2 from a
1 mL air aliquot, an oxygen isotope exchange unit for CO2 equilibration with CuO, an open
split interface and an IRMS for isotope measurement. The performance of the coupled system is demonstrated for a set of air samples from an AirCore flight in November 2014 near
Sodankylä, Finland. The standard error for a 25 mL air sample (injected directly from SAS,
at ambient pressure and at stratospheric CO2 mole fraction) is 0.56 h (1 σ) for δ17 O and
0.03 h (1 σ) for both δ18 O and δ13 C.
• What is the variability in the triple oxygen isotope composition of CO2 in the stratosphere?
To investigate variability of the oxygen isotopic composition of CO2 with extent of chemical processing in the stratosphere, we analyze triple isotope slopes and ∆ln17 O/∆ln18 O for
stratospheric samples collected on a high altitude aircraft, and with the AirCore - SAS system
described in Chapter 3, as well as previously published data.
The triple isotope slopes are variable in the stratosphere and equal 2.23 ± 0.12 for polar
vortex samples, 1.96 ± 0.14 for vortex edge samples and 1.81 ± 0.19 for the air samples of mid
latitude-like characteristics. As opposed to what has been accepted previously (Lämmerzahl
et al., 2002), the results support the statement of Wiegel et al., (2013) that a linear, relatively
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homogeneous ln17 O - ln18 O relationship of 1.7 with a small standard deviation of < 0.1 can
not represent the entire stratosphere.
When individual three-isotope slopes are calculated relative to a suitable tropospheric endmember in a ln17 O - ln18 O plot, the three-isotope slopes vary systematically as a function of
N2 O with lower values for high and low N2 O mole fractions and a maximum slope for intermediate N2 O mole fractions. The individual three-isotope slopes thus show a variability
in the stratosphere, which is less apparent for ∆17 O values. We demonstrate that the absolute ∆ln17 O/∆ln18 O values depend strongly on the choice of the tropospheric end-member.
CO2 end-members that are lower on the mass dependent fractionation line lead to lower
∆ln17 O/∆ln18 O values, result in lower slopes, less scattered ∆ln17 O/∆ln18 O vs. N2 O graph
and decrease the errors of ∆ln17 O/∆ln18 O values.
5.2

FUTURE RESEARCH

This study presents a new cost-effective experimental method to measure isotope effects in
CO2 from small stratospheric air samples which can be used to obtain further insight into
the anomalous oxygen isotope signatures of CO2 . By using the Stratospheric Air Sub-sampler
(SAS), the stratospheric CO2 isotope analysis can be coupled to regular AirCore flights. The
AirCore sampler and the SAS have advantage of mobility, low weight and easy utilization.
They allow to sample the air in different places and to obtain many profiles in a relatively
short time (one flight is about 2.5 h). In the future, it is possible to carry out measurements
of stratospheric profiles of ∆17 O(CO2 ) together with measurements of the mole fractions of
CO2 , CH4 and CO from AirCore flights on a regular basis. This would allow much more detailed
characterization of spatial and temporal variability of the isotopic composition in stratospheric
CO2 than what was possible with aircraft and balloon platforms in the past.
The work presented in this thesis focuses mostly on oxygen isotopes, however the system
offers the opportunity to measure 13 C as well. Using reference air cylinders, we have demonstrated that the instrument also measures 13 C values with good reproducibility (standard error of 0.03 h (1 σ) for a 25 mL air sample at ambient pressure). Unfortunately, however, the
analysis of the results from the stratospheric samples exhibited additional scatter, and also potential issues with the calibration scale. In the future, the 13 C calibration of the system can be
estabilished relatively quickly because some CO2 enriched samples from UC Berkeley (group
of K. Boering) are already available at the IMAU laboratory and the procedure for measuring
these gases has been successfully developed and tested.
The analytical 17 O system that was developed in this thesis allows fast and unattended
measurements of the isotopic composition of CO2 . As such, it can not only be used for measuring stratospheric samples, but also to study the molecular aspects of the CO2 + O(1 D) reaction
in more detail. The low sample consumption (2.7 mL of air at 390 ppm CO2 corresponding to
43.2 nmol CO2 ) means that the system could be coupled directly to a photochemical reactor
in which the exchange reaction is being studied, and provide quasi-online measurements over
extended periods so that the isotope exchange could be followed in unprecedented detail.
The SAS is a simple and very versatile tool for sub-sampling air from an AirCore sampler for
subsequent analysis. It can be easily adapted to collect smaller or larger samples, depending on
the target species to be analysed. In fact, the concept of the SAS has already been successfully
implemented by several laboratories on air sampled with an AirCore. An interesting example is
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radiocarbon analysis of stratospheric CO2 at the Centre for Isotope Research in Groningen, the
Netherlands, where the analysis of air samples collected by an AirCore considerably reduces
logistics and cost of stratospheric 14 CO2 measurements (Paul et al. 2016). In the IMAU laboratory, air extracted from the AirCore has already been analysed for the deuterium and carbon
isotopic composition of CH4 . The isotopic composition of stratospheric CH4 provides insight
about the stratospheric removal reactions of this important greenhouse gas. In addition, the
SAS has been successfully implemented at the University of East Anglia (Laube et al. 2017)
for subsequent analysis of ozone-depleting substances (including CFC-11, CFC-12, CFC-113,
CFC-115, H-1211, H-1301, HCFC-22, HCFC-141b, HCFC-142b, HCFC-133a, and sulphur hexafluoride (SF6 )). Stratospheric measurements of halocarbons provide insight into stratospheric
removal reactions and fractional release of halogens in the stratosphere. Thus, the development of the SAS already now changes the sampling and analysis strategies of the stratospheric
research community.
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