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Samenvatting
Het klimaat op aarde wordt bepaald door veel factoren. Een belangrijke daarvan is de concentratie koolstofdioxide (CO2 ) in de atmosfeer. Koolstofdioxide houdt uitgaande aardse straling tegen, en straalt
het deels terug naar de aarde, het zogenaamde broeikaseffect. Stijgt de CO2 -concentratie in de atmosfeer, dan wordt het stralingsevenwicht verstoord, omdat het aardoppervlak meer energie ontvangt.
Deze verstoring wordt gestabiliseerd door een toename van de uitgaande straling, teweeggebracht door
een stijging van de temperatuur. Omgekeerd daalt de temperatuur op aarde als de CO2 -concentratie
afneemt. Een verandering van de temperatuur heeft echter consequenties. Zo kan bijvoorbeeld de hoeveelheid zeeijs, sneeuw, wolken en waterdamp in de atmosfeer toe- of afnemen, met als gevolg weer
een ander stralingsevenwicht. De initiële verstoring wordt daarbij versterkt of verzwakt. We spreken
daarom respectievelijk van positieve en negatieve terugkoppelingen. De genoemde terugkoppelingen
zijn allemaal snel, dat wil zeggen dat hun effect binnen korte tijd merkbaar is. Er zijn echter ook langzame terugkoppelingen, waarvan het effect op het klimaat pas na lange tijd bereikt wordt. Een zeer
belangrijke langzame terugkoppeling wordt bewerkstelligd door een verandering van de hoeveelheid
landijs op aarde. Van dag tot dag verandert deze hoeveelheid nauwelijks, maar over langere tijd kunnen
ijskapvariaties zeer groot zijn. Tijdens het laatste glaciale maximum (LGM), ongeveer twintig duizend
jaar geleden, waren de ijskappen bijvoorbeeld zo groot dat de zeespiegel gemiddeld genomen wel 120
tot 130 meter lager lag. Niet alleen waren de Antarctische en Groenlandse ijskappen groter dan nu, ook
aanzienlijke delen van Noord-Amerika en het Euraziatische continent waren bedekt met ijs. Gaan we
nog langer terug in de tijd naar bijvoorbeeld het late Eoceen, 35 miljoen jaar geleden, dan is er helemaal geen landijs aanwezig op de wereld. Het totaal wegsmelten van Antarctica en Groenland laat de
zeespiegel nog eens 70 meter stijgen. Naast de zeespiegel beı̈nvloedt landijs ook het klimaat. Zo is ijs
witter dan de onderliggende grond, waardoor het meer zonnestraling terugkaatst, en er minder energie
geabsorbeerd wordt door de aarde. Ook zorgen ijskappen ervoor dat het aardoppervlak lokaal hoger in
de atmosfeer gelegen is, waar het kouder is. Daarom moeten we ijskapveranderingen meenemen als
we het totale effect van CO2 -veranderingen op temperatuur, ook wel Earth System Sensitivity (ESS)
genoemd, willen modelleren.
Hier dient zich echter een probleem aan. Mondiale klimaatmodellen zijn over het algemeen te
grofmazig om de kleinschalige ijsstromingen te berekenen. Om dit probleem te ondervangen koppelen
we in dit proefschrift zo’n klimaatmodel aan zogenaamde ijsmodellen, die op een kleiner gebied deze
ijsstroming simuleren. Aangezien wij geı̈nteresseerd zijn in klimaatverandering gedurende miljoenen
jaren, kunnen we geen gebruik maken van de meest geavanceerde en gedetailleerde modellen. Dit zou
te veel rekentijd vergen. We gebruiken daarom eenvoudigere modellen, waardoor onze simulaties iets
minder gedetailleerd zijn. Een bijkomend voordeel van deze modellen is dat ze makkelijker zijn om te
begrijpen dan complexe modellen. Door de grotere rekensnelheid kunnen we tevens veel meer verschillende scenario’s testen. Het klimaatmodel dat wij gebruiken, berekent de luchttemperatuur aan de hand
van de stralingsbalans. Het heeft een resolutie van 5◦ in meridionale richting (van het noorden naar
het zuiden), en berekent zonale gemiddelden, ofwel één waarde langs een breedtegraad (van het oosten
naar het westen). Straling en atmosferisch transport zijn hierin geparametriseerd weergegeven. Het
landoppervlak, dat bestaat uit fracties bos, gras en permanent landijs, bepaalt hoeveel procent van de
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inkomende zonnestraling wordt teruggekaatst (het albedo). Alle landtypen kunnen met sneeuw bedekt
zijn tijdens delen van of gedurende het hele jaar. Ook oceaanstromingen worden zonaal gemiddeld berekend. De modeloceaan, die is opgedeeld in 6 verticale lagen, vervoert warm zeewater van de evenaar
naar de polen in de bovenste laag. In de onderste lagen wordt het water in tegenovergestelde richting
teruggetransporteerd. De sterkte van de stroming hangt af van het dichtheidsverschil - als gevolg van
het temperatuursverschil - tussen de polaire wateren en het water bij de evenaar. Deze sterkte is daarom
per halfrond verschillend en kan in de tijd variëren afhankelijk van veranderende oceaantemperaturen.
De hoeveelheid zeeijs wordt berekend op basis van de oppervlaktetemperatuur van het zeewater. Na een
periode van 1.000 modeljaren geeft het klimaatmodel een simulatie van de temperatuursontwikkeling
gedurende de seizoenen, die we vervolgens gebruiken om het ijsmodel mee aan te drijven. Het ijsmodel berekent de stroming van ijs op hypothetische kegelvormige continenten, waarop ijskappen kunnen
groeien. Door de axiale symmetrie is deze stroming eendimensionaal te beschrijven. We simuleren
de vijf belangrijke ijskappen: Oost- en West-Antarctica, Groenland, de Euraziatische en de NoordAmerikaanse ijskap. Elke ijskap wordt aangedreven met een massabalans volgend uit de temperaturen
van het klimaatmodel die representatief zijn voor het gebied waar de ijskap gelegen is. De aanvankelijke
vorm van de kegel is gekozen zodat de juiste maximale hoeveelheid ijs wordt gesimuleerd. Het gesimuleerde landijs wordt, in combinatie met de berekende oppervlaktehoogteveranderingen, vervolgens
gebruikt om de fracties landijsbedekking en de oppervlaktehoogte in het klimaatmodel aan te passen,
om dan weer berekeningen te maken voor de volgende tijdstap.
De details van dit model worden in hoofdstuk 2 besproken. Vervolgens simuleren we in hoofdstuk 3 op deze manier de afgelopen 800.000 jaar. Daarvoor hebben we zonne-instralingsvariaties en
CO2 -concentraties nodig als invoervariabelen. De CO2 -concentraties gedurende deze tijd zijn bekend
uit ijskernen. Daarnaast beschikken we tot miljoenen jaren terug over zeer nauwkeurige berekeningen
van de baan van de aarde om de zon, en daarmee van de instraling die wordt ontvangen op aarde. De
800.000-jarige simulatie heeft als voornaamste doel te kijken of het model bepaalde basiseigenschappen heeft die we uit de data kennen. Zo zijn de gesimuleerde temperatuursverschillen tussen het LGM
en het pre-industriële (PI) klimaat in overeenstemming met een recente reconstructie van data. Verder
laten onze lucht- en oceaantemperatuursimulaties vergelijkbare ontwikkelingen zien als uit mariene en
glaciale sedimentkernen kunnen worden afgeleid. Nu is een vergelijking mogelijk tussen de resultaten
van ons gekoppelde model en van het klimaatmodel, waarin we ijskapvariaties niet meenemen, om zo
de invloed van deze variaties op het klimaat te kwantificeren. Het blijkt dat mondiale temperatuursveranderingen tot een factor 2,6 groter zijn als landijs varieert. Ook neemt de polaire amplificatie, de
verhouding tussen temperatuursveranderingen in de poolgebieden en het globaal gemiddelde, met 94%
toe op het noordelijk halfrond. Dat betekent dat ijskapvariaties vooral een sterk lokaal effect op de
temperatuur hebben.
In hoofdstuk 4 nemen we een volgende stap door met het gekoppelde model ook het Plioceen te
simuleren, de periode van 5 tot 2,5 miljoen jaar terug. Nu krijgen we echter te maken met een nieuw
probleem: de CO2 -concentraties zijn alleen goed bekend uit ijskernen die slechts tot 800 duizend jaar
geleden teruggaan. We hebben in dit proefschrift een oplossing hiervoor gevonden, door gebruik te
maken van benthische δ 18 O-data. Deze grootheid kwantificeert de verhouding tussen lichte en zware
zuurstofatomen in versteende schalen van diertjes die op de oceaanbodem hebben geleefd. Dit geeft
informatie over zowel de temperatuur van het zeebodemwater als de hoeveelheid landijs die aanwezig
is op aarde op het moment van het sterven van zo’n beestje. Door reconstructies uit mariene sedimentkernen te combineren kan een enkele tijdreeks worden verkregen, die een mondiaal gemiddelde
representeert. Met ons model kunnen we dit signaal ook simuleren. Op ieder tijdstip vergelijken wij
onze gemodelleerde δ 18 O-waarde met de gemeten waarde van 1.000 jaar later. Uit het verschil tussen
die twee leiden we een CO2 -waarde af voor de volgende 1.000 jaar, die zal leiden tot het simuleren
van een nieuwe δ 18 O-waarde die overeenkomt met de δ 18 O-waarnemingen. Dit doen we door middel
van een voorondersteld exponentieel verband tussen de CO2 -verandering en dit δ 18 O-verschil. Na 500
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modeljaren wordt gecontroleerd of de nieuwe CO2 -waarde inderdaad de juiste δ 18 O-waarde oplevert of
dat er nog een correctie met behulp van dezelfde formule nodig is. De gesimuleerde en gemeten δ 18 Oreeksen zijn in zeer goede overeenstemming met elkaar. Met deze methode inverteren we feitelijk de
invoer en uitvoer van ons model: we weten wat de uitvoer zal moeten zijn en zoeken de invoer die ons
dat resultaat geeft. Zo komen we tot een simulatie van CO2 over de afgelopen vijf miljoen jaar. De Pliocene CO2 -concentraties die wij simuleren, zijn hoger en variabeler dan je zou verwachten op basis van
de ontwikkeling van de temperatuur. Dit komt omdat landijs minder variabel was gedurende deze tijd.
Het was koud genoeg voor een Antarctische ijskap met een relatief stabiele omvang vergelijkbaar met de
huidige. Op het noordelijk halfrond was het echter te warm voor de vorming van significante hoeveelheden landijs. Door verminderde variabiliteit van het landijs werken de ijskap-klimaatterugkoppelingen
daar ook minder sterk, en daarmee heeft CO2 een zwakker effect op de temperatuur, oftewel de ESS
wordt kleiner. Hierdoor moeten CO2 -veranderingen groter zijn om temperatuursveranderingen van gelijke grootte te veroorzaken.
In hoofdstuk 5 en 6 simuleren we een nog langere tijd: de afgelopen 38 miljoen jaar. Dit behelst
de hele periode sinds het ontstaan van de Antarctische ijskap, en daarmee zowel klimaten die veel warmer als veel kouder zijn dan tegenwoordig. Eerst focussen we specifiek op twee tijdvakken: op vlak
voor de Eoceen-Oligoceentransitie (EOT; ca. 34 miljoen jaar geleden), en op het Midden-Miocene Klimaatsoptimum (MMCO; ca. 15 miljoen jaar terug). In deze tijdvakken zijn de benthische δ 18 O-waardes
ongeveer aan elkaar gelijk, terwijl uit de schaarse datareconstructies die voorhanden zijn, blijkt dat CO2
significant hoger was voor de EOT dan tijdens de MMCO. Deze tegenstelling kunnen we niet simuleren
met de standaardgeometrie van het model. Dat betekent dat dit fenomeen door processen is veroorzaakt
die nog niet in ons model zijn meegenomen. We onderzoeken nu het effect van de erosie van het Antarctisch continent, door in ons model geleidelijk het oppervlak van het dit continent te verlagen. Deze
oppervlaktedaling zorgt ervoor dat het continent hoger ligt voor het EOT dan tijdens de MMCO, en
daarmee is het ook kouder aan het oppervlak. Hierdoor kan er meer CO2 in de atmosfeer zijn voor
de EOT, terwijl we toch dezelfde landijsvolumes, en daarmee benthische δ 18 O-waardes, simuleren. In
hoofdstuk 6 vergelijken we vervolgens de resultaten over de hele 38 miljoen jaar, wederom van modelruns met en zonder ijskapvariaties. Het blijkt dat polaire amplificatie afneemt op het noordelijk halfrond
in warmere klimaten, omdat het meeste landijs daar reeds gesmolten is. Op het zuidelijk halfrond, daarentegen, neemt de polaire amplificatie sterk toe wanneer de Antarctische ijskap begint te smelten. De
versterking van temperatuursveranderingen door het smelten van Antarctisch ijs is echter relatief minder sterk, omdat een groot deel van het Antarctisch continent bedekt blijft met sneeuw gedurende bijna
het hele jaar. Sneeuw heeft een hoger albedo dan kale grond en vegetatie, waardoor het verschil in
albedo tussen het ijs en de ijsvrije grond kleiner is in dit geval.
In hoofdstuk 7, tot slot, simuleren we nogmaals de afgelopen vijf miljoen jaar, maar ditmaal met
een iets ingewikkelder klimaatmodel: CLIMBER-2. In CLIMBER-2 neemt de polaire amplificatie toe
op het noordelijk halfrond naarmate het kouder wordt richting koudere, meer glaciale condities, omdat
landijs steeds sneller aangroeit. Dit heeft tot gevolg dat temperatuursvariaties op het zuidelijk halfrond
kleiner worden in verhouding tot deze versterkte veranderingen op het noordelijk halfrond. Daardoor
neemt polaire amplificatie op het zuidelijk halfrond juist af.
In dit proefschrift hebben we, met behulp van een gekoppeld ijskap-klimaatmodel en een nieuwe
techniek om CO2 te simuleren op basis van benthische δ 18 O, het belang van ijskappen voor klimaatsveranderingen op lange tijdschalen gekwantificeerd. We concluderen dat ijskap-klimaatterugkoppelingen
een versterkend effect hebben op temperatuursveranderingen, met name lokaal. Daardoor neemt polaire amplificatie toe. Dit geldt wanneer de temperaturen dusdanig zijn dat er ijskapvariaties optreden;
op het noordelijk halfrond voornamelijk in koudere klimaten dan het huidige, op het zuidelijk halfrond
voornamelijk in warmere klimaten. In toekomstig onderzoek kunnen onze modelexperimenten worden herhaald met complexere modellen. Ook kunnen meer processen, zoals veranderende vegetatie en
veranderende oceaanstromingen, worden toegevoegd aan het huidige model.
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1. Introduction

This thesis deals with modelling the interaction of ice sheets and climate on geological timescales.
Ice sheets and the climate are in fact intimately linked. Key forcing mechanisms for the climate system
are changes in solar radiation and changes in greenhouse gas concentrations. Climatic changes determine the mass balance of ice sheets, causing them to grow or decay. Variations in ice sheet extent
and volume, in turn, alter i.a. the surface albedo and surface height of the Earth, which causes further
climate change. These climate changes are recorded by benthic δ 18 O, which provides a combined signal of ice volume and deep-sea temperature over the Cenozoic. In this thesis, they are used to force a
combined ice sheet-climate model. This model is relatively simple, making it suitable for simulations
on geological time scales.

1.1
1.1.1

Interaction of ice sheets and climate
State of the cryosphere

At present, a large ice sheet is located on Greenland, that can cause ∼7 m sea level rise when it melts.
The Antarctic continent bears an even larger ice sheet that contains ∼60 m of potential sea level rise.
These ice sheets do not significantly change in size over the course of a few years. However, over
longer time scales, ice sheets are far from static. For instance, during the Last Glacial Maximum
(∼20 kyr ago), there was much more land ice on Earth (e.g. CLIMAP Project Members, 1976, 1981;
Peltier et al., 1994). Not only were the Greenland and Antarctic ice sheets larger, also vast parts of
the Eurasian and North-American continent were glaciated. Sea level was on average 120 to 130 m
lower due to the presence of this increased ice volume (Lambeck and Chappell, 2001; Rohling et al.,
2009; Austermann et al., 2013; Medina-Elizalde, 2013; Grant et al., 2014). At the other extreme, there
were no large perennial ice sheets present on Earth prior to the Eocene-Oligocene Transition (∼33.9
Myr ago) (Shackleton and Kennett, 1975; Miller et al., 2005b; Gasson et al., 2012). During the past 38
Myr, ice sheets on both hemispheres have fluctuated between these two extreme states (De Boer et al.,
2010; Zachos et al., 2008), thereby acting as an important feedback mechanism in Earth’s climate. They
reacted to climatic changes, but also amplified climate change. This thesis deals with the interaction
between forcing mechanisms (CO2 and solar radiation), ice-sheet response and global climate change
on geological time scales of thousands to 10 millions of years.

1.1.2

The influence of climate on ice sheets

The dynamic state of an ice sheet is determined by its mass balance, the difference between accumulation (snowfall) and ablation (melt). Climatic changes lead to a different mass balance and consequently
alter the size and extent of ice sheets over time. If more snow accumulates than ablates over an ice
sheet, the mass balance is positive, and the ice sheet will grow. Growing of an ice sheets usually leads
to a less positive mass balance integrated over the ice sheet, so that a new steady state with increased
ice volume will be approached. Conversely, a negative mass balance will eventually lead to a steady
state with decreased ice volume. Inception of an ice sheet will take place when the mass balance of
a land area first turns positive, often through a temperature decrease. The threshold temperature for
inception is reached already under warmer global climatic conditions on the Southern Hemisphere than
on the Northern Hemisphere (DeConto et al., 2008). This is because the South Pole is a land mass
(the Antarctic continent) surrounded by ocean, whereas the North Pole is an ocean surrounded by land
masses, meaning that the Antarctic continent is located on a higher latitude where less solar radiation
reaches the surface. In addition, the ocean current that flows around the continent (Antarctic Circumpolar Current) prohibits warm waters from reaching the Antarctic continent (Meinardus, 1923; Kennett,
1977). Both these factors lead to lower temperatures and consequently an increased mass balance, such
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that Antarctica is the first to glaciate. Ice sheets in the Northern Hemisphere only form during cooler
global climatic conditions (e.g. Maslin et al., 1998). Climate change on Earth is determined by many
factors, e.g. volcanism, continental geometry and ocean bathymetry, but on the time scales we will
investigate in this thesis most importantly by solar radiation and greenhouse gasses.

Milankovitch theory
Climate on Earth is externally driven by the Sun. Since ice sheets are located in places where there
will almost certainly be snowfall in winter, the limiting factor for their growth is the amount of summer melt. When the summer season is mild, i.e. when relatively little incoming solar radiation is
received in summer, temperatures are lower and melt is reduced. Hence, ice sheets become larger. The
Serbian astronomer Milutin Milankovitch (1879-1958) was the first to mathematically work out this
theory (Milankovitch, 1941), building on earlier work of Adhemar, Croll and Pilgrim (Adhémar, 1860;
Croll, 1890; Pilgrim, 1904). He distinguished three different parameters that determine the orbit of
the Earth around the Sun, and thereby the distribution of solar insolation over the Earth during a year
(Milankovitch, 1930). These so-called Milankovitch parameters are subject to change over time, due
to gravitational interactions of the Earth with the Moon, the Sun, and other planets in the Solar system
(and their moons). Due to these changing parameters, the solar radiation at the top of the atmosphere
varies in space and time with distinct cyclicity. The parameters are (Fig.1.1):
• Eccentricity. Following Kepler’s laws of planetary motion, the orbit of the Earth around the
sun is elliptic. Eccentricity is a measure of how much the orbit differs from a circle. The more
eccentric the orbit, the larger the difference between radiation received when Earth is furthest
away from the Sun (aphelion), and when it is closest to the Sun (perihelion). An eccentricity
of 0 represents a circle, while 1 represents a parobola (>1 a hyperbola). On Earth, eccentricity
varies between 0.005 and 0.0607 (at present it is 0.0107). This variation happens cyclically with
frequencies of around 100 kyr, 413 kyr and a weaker one of 2.1 Myr. On some celestial bodies
in our Solar System, which orbits are highly eccentric, like Mercury and Pluto, this parameter
dominates seasonality. Consequently, summer and winter are in phase on both hemispheres of
these bodies.
• Axial tilt or obliquity. Seasonality on Earth is determined by the axial tilt, also called obliquity:
the angle between the axis of the Earth and a line perpendicular to the orbital plane. If this
angle is larger than 0◦ , one hemisphere is tilted more towards the Sun during part of the year
and therefore receives more solar insolation. This hemisphere then experiences summer, while
it is winter on the other hemisphere. Part of the winter hemisphere even receives no insolation
at all, the so-called polar night. The reverse situation occurs during the other part of the year,
so that the seasons on Earth’s hemispheres are in anti-phase. Obliquity on Earth varies between
22.2◦ and 24.5◦ with a periodicity of 41 kyr (at present it is 23.5◦ ). Larger obliquity leads to an
increased difference between radiation received during winter and during summer.
• Precession. Because of gravitational effects, the axis of the Earth wobbles and the elliptic orbit
of the Earth turns. Consequently, seasons will not always occur at the same point of the Earth
along its eccentric orbit. This is called the precession of the equinoxes. Sometimes Northern
Hemispheric summer will be at aphelion, while at the other extreme it will be at perihelion. The
precession cycle has a strong periodicity of 23 kyr, and a weaker one of 19 kyr.
Perfect conditions for ice sheets require mild summers on their hemisphere, so small axial tilt and a
summer at aphelion, with large eccentricity. Milankovitch made calculations on the latitude-dependent
seasonal solar insolation at the top of the atmosphere that is caused by the variations in the Milankovitch
parameters (Milankovitch, 1941). Based on these calculations, Milankovitch predicted that ice ages
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A) eccentricity

B) axial tilt / obliquity

C) precession

Figure 1.1: Illustration of the Milankovitch parameters: a) Eccentricity of Earth’s orbit, b) axial tilt of
the Earth, c) precession of the equinoxes. Figure taken from Ruddiman (2008).
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Figure 1.2: Overview of CO2 data records stemming from different sources over the Cenozoic (past 65
Myr). Figure taken from Beerling and Royer (2011).

occurred at frequencies determined by the variations of these parameters. Indeed, corresponding frequencies have been found in proxy records of marine sediment and ice cores (e.g. Hays et al., 1976;
Shackleton, 2000; Jouzel et al., 1989). Milankovitch’ astronomial theory consequently spurred a large
number of studies, that used models of varying complexity (Calder, 1974; Imbrie and Imbrie, 1980;
Paillard, 1998). However, some issues still remain that Milankovitch theory has never been able to
solve. Firstly, for insolation the precession band contains the most spectral power, whereas the Quaternary ice age frequency seems most strongly affected by obliquity (2.8 to ∼0.9 Myr ago) and eccentricity
(∼0.6 Myr to pre-industrial (PI) times). Therefore, it remains difficult to simulate these ice ages solely
by solar variability (Imbrie et al., 1992). Secondly, since the Early Eocene (49 Myr ago) Earth has
experienced a long-term cooling trend (Zachos et al., 2001), while the spectral power of solar insolation
did not significantly change over this time. These unsolved problems indicate that Milankovitch theory
cannot be the only cause of ice sheet changes. There must be other, internal factors that determine
climate change on Earth.

Greenhouse gases
An important feature of Earth’s climate is the occurrence of greenhouse gases in the atmosphere. These
gases absorp long-wave radiation emitted by the Earth, and partly re-radiate it back towards the surface.
This has an important warming effect on the climate. An increased concentration of greenhouse gases
causes warmer temperatures, so their evolution contributes to climate change.
One of the most important greenhouse gases is carbon dioxide (CO2 ), a well-mixed atmospheric
constituent. Since 1958 AD, CO2 is measured at Mauna Loa, Hawaii (Keeling et al., 1976b,a). Currently, the atmospheric CO2 concentration is approximately 400 ppm and rising, mainly due to human
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activity (Hartmann et al., 2013; Tans, 2009). High-fidelity paleo-CO2 concentration records are retrieved from ice cores (Petit et al., 1999; EPICA community members, 2004; Siegenthaler et al., 2005;
Lüthi et al., 2008; Bereiter et al., 2015). The air bubbles within such a core contain CO2 concentrations
that are representative of the time when these bubbles were entrapped. The longest ice-core record
currently available originates from EPICA Dome C, and extends back to 800 kyr ago. It shows glacialinterglacial variability of approximately 180 to 280 ppm CO2 . Ice-core CO2 data have been shown to
closely correspond to sea level, inferred from Red Sea bulk sediment, over the past 516 kyr (Rohling
et al., 2009). CO2 lags behind temperature in the ice-core record, marking its role as a feedback in
pre-industrial times, probably a very important one. A multitude of proxies from both terrestrial and
marine sources exist for CO2 from before 800 kyr ago (Fig.1.2) (Beerling and Royer, 2011, and references therein). Terrestrial proxies are for instance based on the abundance of stomatal pores on fossil
leaves (stomata), or carbon isotopes in fossil soils (δ 13 C). Marine-based proxies include the study
of carbon isotopes in phytoplankton (alkenones) and boron isotopes in foraminifera (boron isotopes).
Much effort is spent on improving methods and making various proxy data more consistent. However,
temporal coverage over the pre-ice core time period still has low resolution and is often intermittent.
Also, different proxies and even different records of the same proxy sometimes contradict each other
(Masson-Delmotte et al., 2013; Beerling and Royer, 2011; Van de Wal et al., 2011). Therefore, there is
a need to obtain more accurate and continuous CO2 data from before the ice-core period.
In order to model the evolution of CO2 , carbon cycle models have been developed (e.g. Palmer and
Totterdell, 2001; Brovkin et al., 2002; Köhler and Fischer, 2004; Wetzel et al., 2005). When coupled to
a climate model, this could in principle enable climate simulations using just solar insolation changes
as forcing. However, these simulations remain sparse and unsatisfactory. In most climate models, including the one used in this thesis, CO2 is regarded as an external forcing. In Chapters 4, 5 and 6 of this
thesis we will use an innovative inverse approach to model CO2 , that is described in Chapter 2.

1.1.3

The influence of ice sheets on the climate

Once formed, ice sheets do not passively react to climate, but they play an active role in climate change
(Oerlemans, 1991). There are many ways in which ice sheets influence the climate (see MassonDelmotte et al. (2013), for an overview). For instance, ice sheets affect wind systems and global circulation patterns in the atmosphere. Furthermore, melt water from ice sheets has the capability to change
oceanic salinity, circulation and pathways. The weight of land ice depresses the underlying bedrock,
and attracts seawater, leading to local differences from eustatic sea level. In addition, the flow of ice
erodes the underlying bed, and pushes material towards the periphery of the ice sheet. On the long time
scales considered here, however, two effects are most important. Firstly, ice sheets are more white than
the underlying ground. A whiter surface has a larger albedo, i.e. it reflects more sunlight, which has
a cooling effect on its environment. This cooling will further stimulate ice growth, closing the loop of
the ice-albedo feedback (Budyko, 1969; Sellers, 1969). Secondly, when an ice sheet grows, the surface
height will increase. An increased surface height will experience lower temperatures because the air
pressure is lower. These lower temperatures enhance further ice growth. This interaction loop is called
the surface-height-temperature feedback (Bodvarsson, 1955; Weertman, 1961).
In short, climate influences ice sheets, and vice versa (Fig.1.3), establishing feedbacks between
ice sheets and the climate. Feedbacks can generally be positive, when they amplify climate change, or
negative, when they reduce climate change. The ice-albedo and surface-height-temperature feedbacks
are both positive feedbacks. To quantify the importance of these interactions, we will use a coupled ice
sheet-climate model. This will be discussed in Sect. 1.3, but first we will focus on how land ice volume
can be reconstructed on geological timescales.
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Figure 1.3: Schematic overview of the interaction between the Sun, Earth’s climate and the major ice
sheets.

1.2

Benthic oxygen isotopes as proxy for ice volume

Isotopes are atoms that contain the same amount of protons and electrons, meaning they are the same
chemical element, but have a different number of neutrons. Therefore, they have different masses.
Some isotopes decay radioactively (radioisotopes), while others do not (stable isotopes). Three stable
isotopes of oxygen exist, having 8 (16 O), 9 (17 O), and 10 (18 O) neutrons. By far the most abundant
isotope on Earth is 16 O (99.759%) (Gat et al., 2001). The relative amount of the heavier 18 O isotopes
can be measured against a laboratory standard:
δ 18 O =

(18 O/16 O) − (18 O/16 O)standard
,
(18 O/16 O)standard

(1.1)

usually expressed in permilles (h). The most commonly used laboratory standards are Vienna Standard Mean Ocean Water (VSMOW) and Vienna Pee Dee Belemnite (VPDB).
Evaporation favours lighter isotopes, while conversely precipitation favours heavier isotopes. This
is known as Rayleigh fractionation (Fig.1.4) (e.g. Dansgaard, 1964, and references therein). Atmospheric circulation generally transports water vapor from lower to higher latitudes. This happens in
a number of cycles of evaporation and precipitation, each of which decreases the isotopic content of
the precipitation. The snow that eventually falls in high latitudes and forms ice sheets, is therefore
δ 18 O-depleted. The isotopic content of the ice sheets is first of all determined by the δ 18 O composition
of the source region. Secondly, it is influenced by the proximity of the source region, since the snow
becomes more depleted when it goes through an increased number of evaporation-precipitation cycles.
Lastly, snow formed at colder temperatures and higher elevations is more depleted in heavy isotopes.
Consequently, the season in which most precipitation falls also affects the isotopic content of the ice
sheets, because colder winter precipitation is more δ 18 O-depleted than warmer precipitation that falls
during summer. The δ 18 O-depleted snow that forms the ice is extracted from the ocean, so if the land
ice volume on Earth grows, the ocean becomes δ 18 O-enriched.
Paleo-ocean δ 18 O can be measured by studying foraminifera in marine sediment. Foraminifera live
in the ocean, either near the surface (planktonic foraminifera) or in deeper water (benthic foraminifera).
When they die, their calcium carbonate shells, that contain a δ 18 O signature specific to their location
in the ocean, fossilise in the marine sediment. A record of paleo-δ 18 O can therefore be retrieved from
chemical analyses of the fossilised shells in this sediment. Foraminifera use relatively more light isotopes to build their shells in warmer sea water, causing a δ 18 O drop of 1h for each 4.2 K temperature
increase. Hence, when benthic species are studied, these paleo-δ 18 O records local paleo deep-ocean
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Figure 1.4: Rayleigh fractionation of oxygen isotopes in water, water vapor and ice. Figure adapted
from De Boer (2012) and Ruddiman (2008).
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Figure 1.5: The stacked benthic δ 18 O record of Zachos et al. (2008) over the Cenozoic. Figure adapted
from De Boer (2012).

temperatures as well as paleo land ice volumes (e.g. Chappell and Shackleton, 1986).
The first studies of this benthic δ 18 O signal were conducted in the 1950s (Emiliani, 1955). Over
the past decades, records from marine sediment cores located all around the ocean have become available for different time periods. A way of obtaining a single benthic δ 18 O signal for the entire ocean
over a period of interest is by combining (’stacking’) all these different cores (Fig.1.5) (Imbrie et al.,
1984; Lisiecki and Raymo, 2005; Zachos et al., 2001, 2008; Cramer et al., 2009). This signal shows
the pooled effects of the globally averaged deep ocean temperatures and global land ice volumes. In
order to disentangle it, an independent record of either one of the two constituents is required. Such
records may come from Mg/Ca analysis for deep-ocean temperature (Lear et al., 2000; Sosdian and
Rosenthal, 2009; Elderfield et al., 2012), or sea level reconstructions for the land ice volume (Miller
et al., 2005a; Kominz et al., 2008; Rohling et al., 2014). Another way to unravel the benthic δ 18 O
signal, that is pursued in this thesis, is by including δ 18 O calculations in an ice sheet model. These calculations require a paleotemperature equation for the influence of deep-ocean temperature on benthic
δ 18 O (Shackleton, 1974; Duplessy et al., 2002; Marchitto et al., 2014). Furthermore, one has to know
the relative contributions of the ice sheets to explain the reconstructed changes in the global δ 18 O value
of the sea water through time. To calculate this, a bulk equation can be used, which assumes a constant
isotopic content of the ice sheets (Shackleton, 1974). In this case the influence is determined solely by
land ice volume. Alternatively, a sophisticated, but computationally expensive, model can be used that
takes into account all the factors influencing the ice sheet isotopic content that are listed above (Mathieu et al., 2002; Caley and Roche, 2013). Recent studies also consider the different isotopic contents of
the specific foraminiferal species that are analysed (Roche, 2013). In this thesis, the calculation of the
isotopic content of the ice sheets is inbetween these extremes, as it is a function of air temperature and
ice sheet elevation (De Boer et al., 2010). Including this amount of detail is deemed most fitting to the
overall complexity of the coupled ice sheet-climate model (Chapter 2).

1.3

Modelling ice sheets and climate

In this thesis, we couple a one-dimensional ice-sheet model to a zonally averaged energy balance climate model. The model makes use of an inverse routine that calculates atmospheric CO2 using an
observational stacked benthic δ 18 O record as forcing. The model and methods will be described in
detail in Chapter 2.
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Table 1.1: Previous one- and three-dimensional ice sheet model studies using inverse routines based
on sea level or benthic δ 18 O forcing. Between brackets the ice sheets that were taken into
account, and the time span of the model runs are listed.
EuIS = Eurasian ice sheet, NaIS = North American ice sheet, AIS = Antarctic ice sheet.

Sea level forcing
Benthic δ 18 O forcing

One-dimensional
Wilschut et al. (2006) (EuIS + NAIS, 120 kyr)
Oerlemans (2004b) (AIS, 65 Myr)
De Boer et al. (2010) (All, 40 Myr)
De Boer et al. (2012) (All, 40 Myr)

1.3.1

Three-dimensional
Bintanja et al. (2005b) (EuIS + NAIS, 120 kyr)
Bintanja et al. (2005a) (EuIS + NAIS, 1 Myr)
Bintanja and Van de Wal (2008)
(EuIS + NAIS, 3 Myr)
De Boer et al. (2013)(All, 1 Myr)
De Boer et al. (2014a) (All, 5 Myr)

Inverse routines

Our approach further develops a long line of research using inverse routines; the most important prior
publications are listed in Table 1.1. Essentially, these earlier studies used an inverse routine that yielded
atmospheric temperature from an observational record of either sea level or benthic δ 18 O. This temperature served as input for one-dimensional or three-dimensional stand-alone ice-sheet models (see Chapter 2). The first to use this approach was Oerlemans (2004b), who studied the Antarctic ice sheet (AIS)
using an axisymmetric one-dimensional ice-sheet model. He used a benthic δ 18 O record to integrate
the model over the entire Cenozoic era (past 65 Myr). The benthic δ 18 O record was deconvoluted into
sea level and temperature. The temperature record was compared to the proxy-based deep-sea temperature reconstruction of Lear et al. (2000). Thereafter, Bintanja et al. (2005b) and Wilschut et al. (2006)
applied a renewed version of the inverse approach over one glacial cycle (past 120 kyr) using a sea-level
record as forcing. Both simulated the Eurasian (EuIS) and North American (NAIS) ice sheets, Bintanja
et al. (2005b) using a three-dimensional, and Wilschut et al. (2006) using a one-dimensional model
similar to Oerlemans (2004b). Bintanja et al. (2005b) found hysteresis in the sea level-temperature
relation that was not present in the results of Wilschut et al. (2006), attributed by the latter to the use
of a more realistic topography. Bintanja et al. (2005a) and Bintanja and Van de Wal (2008) then simulated longer time scales, 1 Myr and 3 Myr respectively. They used an updated inverse routine, with
benthic δ 18 O forcing. Bintanja et al. (2005a) studied the composition of the benthic δ 18 O signal, i.e.
the partitioning into sea level and temperature contributions. Bintanja and Van de Wal (2008) proposed
a new mechanism to explain the Mid-Pleistocene Transition (1.4 to 0.6 Myr ago) from 41-kyr periodic
to more severe 100-kyr periodic glacial cycles, namely the merging of separate ice domes on the North
American continent. The next step in the inverse benthic δ 18 O approach was expansion of its scope, by
including all ice sheets on Earth (the EuIS, the NAIS, the AIS and the Greenland ice sheet GrIS) and
simulating longer time scales. This was first applied to the simplified one-dimensional ice sheet model
over the past 40 Myr (De Boer et al., 2010, 2012), and then to the more sophisticated three-dimensional
model including ice shelf dynamics over the past 5 Myr (De Boer et al., 2013, 2014a). From then on,
two lines of research were followed, aiming to tackle two different issues. The first issue was the omission of regional sea level variations; changes in ice volume were uniformly divided over the surface
area of the ocean, neglecting e.g. the gravitational attraction of ice sheet loading and rotational effects.
In order to overcome this omission, the sea-level equation model SELEN was coupled to the threedimensional ice sheet model (De Boer et al., 2014b). The second line of research, which is the subject
of this thesis, addresses the poor representation of climate dynamics. The temperature simulations from
the inverse model consisted only of globally uniform perturbations to present-day climate, on which a
fixed seasonal cycle was imposed to force the ice sheets. Deep-sea temperature was linked to this simulated temperature by a simple linear relation. Moreover, CO2 was not incorporated in the model setup.
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Figure 1.6: Schematic overview of the coupled ice sheet-climate model used in this thesis. The blue
dashed line marks the novel aspects with respect to De Boer (2012). The calculation of
the benthic δ 18 O signal and the inverse routine, marked by a green dashed line, have been
revised. The aspects in red can be switched on and off: CO2 can either be prescribed or
obtained from the inverse routine; surface height and ice extent can be kept constant in the
climate model, or be updated by information on ice volume and surface height changes from
the ice sheet model.

Instead, Van de Wal et al. (2011) reconstructed a CO2 record over the past 20 Myr by inferring a steady
log-linear relation between CO2 -data from various proxy data and the temperature reconstruction of
De Boer et al. (2010). By coupling a zonally averaged global climate model to the one-dimensional
ice-sheet model, the ice sheets are forced with seasonal meridional temperature distributions in this
thesis. In addition, a separate deep-sea temperature record is simulated (Fig.4.3.1). Therefore, we no
longer need to include assumptions on seasonality, the difference in temperature between the different
ice sheets and the relation between atmospheric temperature and deep-sea temperature. Furthermore,
CO2 is included in the coupled setup as a prognostic variable, and therefore Earth System Sensitivity
can be calculated. It is no longer a-priori fixed as it was in Van de Wal et al. (2011), but it can change
over time depending on the background climate. The forcing of the model can include or exclude CO2 variability, thus enabling us to separately assess the influence of CO2 on climate change. By comparing
runs where ice sheet-climate interactions are switched on and off, we can quantify the role of ice sheets
in climate change.

1.3.2

A coupled ice sheet-climate model

The intimate link between ice sheets and climate calls for combined modelling. However, running
global climate models on the refined grid (∼40x40 km) needed to simulate ice flow is computationally
very expensive on timescales upwards of multiple years. Performing these simulations is therefore too
time consuming and not realistically achievable. As an alternative, climate models and separate ice
sheet models were combined in different ways from the moment the stand-alone models were developed. Basically, the idea has been to force the ice sheet model, that is deployed over a confined region,
using the climate model. The results of the ice sheet model are subsequently used to update the ice vol-
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ume in the climate model. Over the past decades, many combinations of varying complexity have been
developed (for a comprehensive overview see Pollard (2010)). Early on, energy balance models were
coupled to simple ice sheet models (Birchfield et al., 1982; Pollard, 1983; Gallée et al., 1992; Deblonde
and Peltier, 1993; Tigchelaar et al., 2011). More recently, different techniques have been developed to
use more sophisticated General Circulation Models (GCMs) and three-dimensional thermodynamical
ice sheet/shelf models. For instance, asynchronous coupling and orbital acceleration can be applied.
These methods involve running the ice sheet model continuously, but the GCM only at intervals for
a shorter amount of time, recognising that GCMs equilibrate faster since the response time of GCMs
is shorter. The slow turnaround time of GCMs still limits the length of integrations using these coupled models. Studies using this approach have therefore focused on relatively short timescales, often
centred around an important climatic event, e.g. termination of the Last Interglacial (Herrington and
Poulsen, 2011), termination of the Last Glacial (Philippon et al., 2006), the Eocene-Oligocene boundary (DeConto and Pollard, 2003; Gasson et al., 2014; Wilson et al., 2013), the Mid-Miocene Climatic
Optimum (Gasson et al., 2016), or the future fate of the ice sheets (Ridley et al., 2005; Vizcaı́no et al.,
2008; DeConto and Pollard, 2016). Recent studies have included more detail in specific regions of
interest, by additionally incorporating a regional climate model in their setup (Robinson et al., 2011;
Helsen et al., 2013; DeConto and Pollard, 2016; Gasson et al., 2016). An alternative coupling method
involves look-up tables of GCM solutions for a range of climatic settings (greenhouse gas concentration, ice sheet extent, topography, etc.) that can be calculated beforehand to force an ice-sheet model.
In this way, longer time scales from ∼100 kyrs (Abe-Ouchi et al., 2013) to ∼1-10 Myrs (Pollard et al.,
2013a) can be simulated. These longer time scales have also been investigated by using Earth Models of
Intermediate Complexity (EMICs) to calculate the climate (Langebroek et al., 2009, 2010; Ganopolski
et al., 2010; Ganopolski and Calov, 2011; Willeit et al., 2015; Ganopolski et al., 2016). EMICs are
computationally less expensive than GCMs, hence no asynchronous acceleration scheme is needed to
run them over long time scales. Some of all these aforementioned coupled ice sheet-climate models also
contain routines to calculate benthic δ 18 O, in simplistic (Willeit et al., 2015), intermediate (Langebroek
et al., 2010; Tigchelaar et al., 2011), or more sophisticated (Wilson et al., 2013; Gasson et al., 2016)
manners (see Sect. 1.2).
Our coupled ice sheet-climate model consists of relatively simplified models: an energy balance
climate model coupled to a one-dimensional ice-sheet model. This setup bears most resemblance to the
LLN 2D model, that was used to study ice ages (Berger et al., 1998; Loutre and Berger, 2000; Pépin
et al., 2001) and the past 3 Myr (Berger et al., 1999). However, we include the Southern Hemisphere
and Antarctic ice sheet in our model, whereas they only simulated the climate and ice sheets of the
Northern Hemisphere. Simultaneous calculation of all major ice sheets is also an advantage we have
over more sophisticated coupled model setups. In addition, the relatively reduced complexity of our
model renders the possibility of performing a large suite of model tests and transient simulations of
time scales up to ∼10 Myrs. Therefore, likewise as De Boer et al. (2010, 2012, 2013, 2014a) we can
simulate sea level over these time scales. This goes beyond the sea level reconstruction from Red Sea
sediment Rohling et al. (2009); Grant et al. (2014), to times where it is still under debate. Moreover,
we make use of a novel inverse approach to obtain CO2 -concentrations from an observed benthic δ 18 O
record, which is particularly useful for pre-ice core periods where CO2 is highly uncertain (see Chapter
2).
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1.4
1.4.1

Research objectives and thesis outline
Research objectives

In this thesis, we develop a coupled ice sheet-climate model in combination with an inverse routine that
yields CO2 from an observed benthic δ 18 O record. By forcing the model with these inversely simulated CO2 concentrations, we obtain records of atmospheric temperature, as well as oceanic temperature
and ice volume that together construct the observed benthic δ 18 O value. In this way, we consistently
deconvolute the modelled benthic δ 18 O signal. The resulting multi-million-year mutually-consistent
simulations of CO2 , temperature, ice volume (and therefore ice-volume-equivalent sea level) and benthic δ 18 O provide a coherent view of climate change on geological time scales. We will study the
interrelationships between these variables, and the influence that ice sheet-climate interaction has on
these relations. The main research questions are:
• What is the influence of ice sheet-climate interaction on global temperature, and the relation
between CO2 and global temperature, i.e. Earth System Sensitivity?
• What is the influence of ice sheet-climate interaction on the meridional distribution of atmospheric temperature, i.e. polar amplification?
• What CO2 and sea level records do we simulate, and are these reconcilable with proxy-data
reconstructions?
• What factors could induce a change in the construction of the benthic δ 18 O signal over time,
and affect the relation between CO2 and benthic δ 18 O?

1.4.2

Thesis outline

In Chapter 2, we give a description of all the models and approaches used in this thesis. In succession,
we describe the zonally averaged energy balance climate model, the one-dimensional ice sheet model,
the ice sheet-climate coupling scheme, the benthic δ 18 O calculation, and the inverse routine. In addition, we briefly explain the intermediate complexity climate model CLIMBER-2, that is used in Chapter
7.
In Chapter 3 (Stap et al., 2014), we run the coupled model in forward mode (without the inverse
routine) over the past 800 kyr, forced by an ice-core CO2 record. We validate the model results against a
recent data reconstruction of the LGM-PI temperature difference, and several temperature records from
ice cores and marine sediment cores. We also compare our ice-volume-equivalent sea level simulation
to an earlier model study and a sea level reconstruction from Red Sea sediment data. We quantify the
influence of ice sheet-climate interaction on the evolution of global temperature and on Northern Hemispheric polar amplification, by comparing runs of the climate model that are coupled and uncoupled
to the ice sheet model. By only passing ice extent or ice height to the climate model, we differentiate
between the effects of the ice-albedo feedback and the surface-height-temperature feedback.
In Chapter 4 (Stap et al., 2016a), we run the coupled model using the inverse routine over the past
5 Myr, forced by the stacked benthic δ 18 O record of Lisiecki and Raymo (2005). We compare our CO2
simulation to an earlier hybrid model-data reconstruction by Van de Wal et al. (2011), and to proxy data
from various sources. We also present new boron-isotope-based proxy-CO2 data over the Pliocene and
Pleistocene.
In Chapter 5 (Stap et al., 2016d), we address the paradoxical occurence in proxy-records of similar
benthic δ 18 O and different CO2 values between right before the Eocene-Oligocene Transition and during the Mid-Miocene Climatic Optimum. For this purpose, we run the coupled model over the period
38 Myr to 10 Myr ago, using the stacked benthic δ 18 O records of Zachos et al. (2008) and Cramer et al.
(2009) as forcing. We investigate evolving Antarctic topography, resulting from erosion and tectonics,

17

1. Introduction
as a possible reason for a changing relation between CO2 and benthic δ 18 O over time, and therefore as
a solution to this conundrum. This also affects the construction of the benthic δ 18 O signal.
In Chapter 6 (Stap et al., 2016c), we present 38-Myr-long integrations of the coupled model, forced
by the stacked benthic δ 18 O record of Zachos et al. (2008). We elaborate on a hysteresis in the relation
between CO2 and global temperature, that occurs in our model. In a similar way as in Chapter 3, we
study the influence of ice sheets on the evolution of global temperature, and on polar amplification. We
now additionally address the relation between CO2 and global temperature, and consider polar amplification in both hemispheres separately.
In Chapter 7 (Stap et al., 2016b), we analyse 5-Myr-runs of the intermediate complexity climate
model CLIMBER-2. These simulations are forced with different combinations of insolation, atmospheric CO2 , and land ice. We study how including ice sheet changes affects the simulated polar
amplification in both the Northern and in the Southern Hemisphere.
Finally, Chapter 8 summarises the main results of our research. Based on the limitations of our
studies, we provide suggestions for further research.
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In this Chapter, we describe the coupled ice sheet-climate model that we use in Chapters 3 to 6. The
model consists of a zonally averaged energy balance climate model coupled to a one-dimensional model
of the five major Cenozoic ice sheets (Eurasia, North America, Greenland, West Antarctica and East
Antarctica). The climate model provides the temperature input to the mass balance parameterisation of
the ice sheet model. The ice sheet model calculates ice flow based on the Shallow Ice Approximation,
and returns surface height and surface type changes to the climate model. In this way, we capture the
surface-height-temperature and albedo-temperature feedbacks. In forward mode, used in Chapter 3,
the coupled model is forced by a priori constructed CO2 records. Alternatively, an inverse routine
can be used that yields CO2 based on benthic δ 18 O. This routine iteratively calculates CO2 from the
difference between the modeled benthic δ 18 O value and the observed value of the next timestep. The
inverse approach is taken in Chapters 4 to 6. The modelling of benthic δ 18 O and the inverse routine
are discussed in this Chapter. Finally, we briefly introduce the intermediate complexity climate model
CLIMBER-2, that is used in Chapter 7.

2.1

Coupled ice sheet-climate model: Forward mode

In Chapters 3 to 6 we use a coupled ice sheet-climate model, which we describe in this section. As
mentioned in Chapter 1, the inclusion of a climate model in the coupled setup represents an improvement on earlier work using stand-alone ice sheet models (De Boer et al., 2010, 2012). In Chapter 3, this
coupled model will be used in forward mode by a-priori prescribing CO2 concentrations. The model
then calculates temperature and ice-volume-equivalent sea level records. In Chapters 4 to 6, we will use
the model in inverse mode, which is explained in Sect. 2.2. In this mode, the model is forced by an observational benthic δ 18 O record. Next to temperature and sea level, the output consists of an inversely
simulated atmospheric CO2 record.

2.1.1

Zonally averaged energy balance climate model

The zonally averaged energy balance climate model used in this thesis, is described in detail by Bintanja
(1997). Briefly, it consists of a coupled atmosphere model, ocean model and sea-ice model, all zonally
averaged. It is based on the model of North (1975). The atmosphere model has a latitudinal resolution of 5◦ and one layer in the vertical. It has a time step of 0.5 day and includes a radiative transfer
scheme, describing radiative forcing by insolation, CO2 , and cloud cover and optical depth (Bintanja,
1996). Turbulent heat transport and divergence of meridional energy transport are parameterised. No
hydrological scheme is included. The land cover is subdivided into forest, grassland and permanent
land ice fractions, which affect the surface albedo. While the glaciated land cover may vary, the ratio of
grassland to forest is specified by present-day conditions and remains unchanged; this means vegetation
dynamics are not included. Snow cover on each surface type is calculated as a function of temperature.
The ocean model has the same latitudinal resolution and consists of six layers in the vertical. It describes the zonally-averaged thermohaline circulation, with water flowing poleward in the upper layer
and equatorward in the lowest layer. Upwelling takes place in the entire ocean basin, except in the two
latitudinal boxes closest to the pole, where the water sinks. The sea-ice model has a resolution of 1.25◦ ,
and is purely thermodynamical, so that motion of the sea ice is ignored. Where the sea surface temperature drops below the freezing temperature of 35 PSU saline water (271.22 K), the ocean becomes
(partially) covered with sea ice of a specified thickness. Similar to the vegetation, the sea ice is subject
to snow cover.
In an earlier study, the model was used to study steady states climates of present day (PD) and the
Last Glacial Maximum (LGM) (Bintanja and Oerlemans, 1996). In order to perform transient simulations, we now use insolation and CO2 as time-dependent input variables. Monthly mean insolation
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follows from Laskar et al. (2004), averaged to 5 ◦ resolution and updated every 1000 years. In Chapter 3, the EPICA record (Jouzel et al., 2007), interpolated to yearly values, is used as CO2 input for
simulations covering the past 800 kyr. In Chapters 4 to 6, we use an inverse routine to calculate CO2
from stacked benthic δ 18 O records (see Sect. 2.2). Cloud cover and optical depth remain at PD value
throughout the run. The climate sensitivity of the original model was 1.9 ◦ C per CO2 -doubling (Bintanja, 1997), on the lower end of the 1.5 to 4.5 ◦ C range reported in IPCC-AR5 (Masson-Delmotte
et al., 2013). For this thesis, a higher sensitivity of 2.2 ◦ C is established by two alterations: the radiative
forcing induced by a doubling of CO2 is increased from 3.5 to 3.7 W m−2 , in agreement with Myhre
et al. (1998); an additional water-vapour feedback term of 1 W m−2 K−1 is included in the parameterisation of clear-sky upgoing longwave radiation, based on Ritz et al. (2011). To account for non-CO2
greenhouse gases, the radiative forcing of CO2 is multiplied by a factor of 1.3. This is based on the
mean enhancement of radiative forcing by CH4 and N2 O over the past 800 kyr derived from proxy data,
as analysed by Köhler et al. (2010). The sensitivity to this factor will be analysed in Chapter 3. As in
Bintanja (1995), the strength of the thermohaline circulation (C) is made a function of the surface water
density difference (∆ρ) between the equatorial and polar (60–80◦ N and 50–70◦ S) waters:


C
∆ρ
= 1+ζ
−1 ,
(2.1)
C0
∆ρ0
where the subscript 0 denotes PI values, and ζ is a strength-controlling scaling parameter set to 6 to
ensure a LGM to PD strength difference in agreement with results of intermediate complexity climate
model CLIMBER-2 (Tuenter, pers. comm.). The density difference consists of a temperature-gradient
term and a pseudo-salinity term. The temperature gradient is calculated from the equation of state
for 35 PSU saline water (Gill, 1982). The pseudo-salinity term represents the effect of polar-water
freshening by meltwater, by multiplying the polar surface water temperature change by a factor −0.09.
This value is estimated from the salinity and temperature fields simulated by Manabe and Bryan (1985).
The midpoint of the thermohaline overturning is set to 5◦ S, in accordance with Trenberth and Caron
(2001). When the density difference between south-polar and north-polar waters becomes less than 0.55
kg m−3 , the midpoint is shifted to 10◦ S. If the density difference drops below 0.51 kg m−3 , the midpoint
is set to 15◦ S. This mimics the effect of relative increase of the Atlantic cross-equatorial flow. It returns
to 5◦ S (10◦ S) when the density difference exceeds 0.55 kg m−3 (0.51 kg m−3 ). This midpoint-shift
mechanism is included to increase inter-hemispheric heat transfer towards the Northern Hemisphere,
leading to lower glacial temperatures in Antarctica, that are more in line with the observations (see
Chapter 3). In Chapter 3 we also discuss its effect on Northern Hemispheric temperature, sea level and
Northern Hemispheric overturning strength. Further adjustments with respect to the original setup of
Bintanja (1997) have been made to the diffusion coefficients for the Northern Hemisphere (D0 (north),
set to 0.2 × 1011 m2 yr−1 ), Southern Hemisphere (D0 (south), set to 0.5 × 1011 m2 yr−1 ) and vertical
ocean mixing (Dz , set to 5 × 103 m2 yr−1 ). This ensures a better transient temperature response of the
ocean, than was obtained by using the original values (see Chapter 3). Agreement with PD observations
is maintained by setting cloud optical thickness parameter τ to 3.11 and the maximum albedo of sea
ice to 0.65 (see Sect. 3.3.1). Table 2.1 summarises the alterations with respect to Bintanja (1997). In
forward mode, as used in Chapter 3, the land ice fractions of the surface and surface height are adjusted
every 1000 years, based on the output of the ice sheet model. Land fraction is considered constant in
time. If, however, the ice fraction exceeds the land fraction, it is set equal to the land ice fraction. This
means that all ice is considered to be ground-based, in congruence with the ice sheet model. Once the
ice fraction returns to smaller values, the land fraction is set back to its original value. Ice shelves are
therefore not included in the model.
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Table 2.1: Model parameters for the zonally averaged energy balance climate model (ZEBCM), altered
in this study (new value) with respect to Bintanja (1997) (old value).
Parameter

D0 (north)
D0 (south)
Dz
τcl
αSI

Description
Radiative forcing per CO2 -doubling (Wm−2 )
Enhancement of CO2 radiative forcing by other GHGs (%)
Diffusion coefficient for the Northern Hemisphere (m2 yr−1 )
Diffusion coefficient for the Southern Hemisphere (m2 yr−1 )
Diffusion coefficient for vertical ocean mixing (m2 yr−1 )
Cloud optical thickness parameter
Maximum albedo of sea ice

Old value
3.5
4.0 ∗ 1011
1.0 ∗ 1011
2.0 ∗ 103
3.55
0.75

New value
3.7
30
2.0 ∗ 1010
0.5 ∗ 1011
5.0 ∗ 103
3.11
0.65

Table 2.2: Default settings of the model parameters for the one-dimensional ice sheet model (ISM).
* Parabolic profile, value given in m−1
Parameter
Hcnt
s
Ngrid
∆l
P0
Rc
Cabl
∆SPD
βT
βZ

2.1.2

Description
Height of the center (m)
Slope of the initial bed
Number of grid points
Grid size (km)
Uncorr. prec. (myr−1 )
Critical radius (km)
Ablation parameter
PD ice volume (m.s.l.e.)
Isotopic sensitivity (h K−1 )
Isotopic lapse rate (h km−1 )

EuIS
1,400
-0.0000165*
100
25
0.88
1,500
-51
0
0.35
-6.2

NaIS
1,400
-0.000016*
100
25
1.15
1,800
-41
0
0.35
-6.2

GrIS
800
-0.0014
100
15
1.34
750
-48
7
0.35
-6.2

EAIS
1,450
-0.0010
120
20
0.71
2,000
-30
56
0.6
-11.2

WAIS
400
-0.0011
100
15
1.37
700
-5
7
0.8
-11.2

One-dimensional ice sheet model

The ice sheet model consists of five hypothetical, axisymmetrical “continents”, on which ice sheets can
grow. These represent the five major ice sheets existing during the Cenozoic: the Eurasian (EuIS), North
American (NaIS), Greenland (GrIS), West Antarctic (WAIS) and East Antarctic (EAIS) ice sheets. The
continents are initially cone-shaped, thus being uniquely described by the initial height of the center
(Hcnt ) and the slope (s) of the initial bed. These quantities are listed in Table 2.2. In combination with
sea level, they determine the maximum size of the ice sheet and its sensitivity to mass balance changes.
The axial symmetry makes the model effectively one-dimensional. For the GrIS, WAIS and EAIS we
used linear initial bedrock slopes as in De Boer et al. (2010), while for the EuIS and NaIS the bedrock
profile is parabolic, in order to improve the temperature sensitivity (see Sect. 3.3.2). Each continent has
an equally-spaced grid (Table 2.2). It is forced by the mass balance, which is the annual sum of monthly
values of accumulation minus ablation.
Because the climate model does not include a hydrological scheme, accumulation is calculated
internally by the ice sheet model. It is determined as a temperature-dependent fraction of precipitation
P (Bintanja et al., 2002). The precipitation parameterisation is based on the Clausius-Clapeyron equation, taking into account the fact that precipitation increases at higher temperatures (T ) by 4 % per ◦ C.
Furthermore, precipitation decreases when the radius of the ice sheet (R) grows (Oerlemans, 2004a):
P = P0 e0.04T −R/Rc .
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P0 and Rc are a reference precipitation and critical radius, chosen to match PD observations of precipitation and its sensitivity to changes in radius (Table 2.2).
Ablation (M) follows from an energy balance model approach (Van den Berg et al., 2008), incorporating the effects of monthly mean temperature and local radiation (Q), varying over time:
M = [10T + 0.513(1 − α)Q +Cabl ]/100.

(2.3)

Q is taken at 65◦ N for the EuIS and NaIS, 70◦ N for the GrIS and 65◦ S for the EAIS and WAIS. Cabl
determines the threshold for the onset of ablation. It serves as a tuning parameter for ice sheet inception.
Table 2.2 gives the default settings for the different ice sheets, and in Chapters 4, 5 and 6 sensitivity
tests with respect to this parameter are performed.
When the mass balance becomes positive, an ice sheet forms. The flow of the ice is then described
by the continuity equation:
∂H
1 ∂
=
(rHU) + B,
∂t
r ∂r

(2.4)

where H is the ice thickness, r the distance from the center and B = P − M the mass balance. Mean
horizontal velocity (U) results from the driving stresses, as obtained from the commonly used Shallow
Ice Approximation (SIA) and a Weertman-type sliding velocity at the bed, obtained from Van der Veen
(1999):
U = fd Hτdn + fs

τdn
,
H

(2.5)

where fd = 3.2 × 10−23 Pa−3 s−1 is the deformation, and fs = 9.5 × 10−19 Pa−3 m2 s−1 the sliding parameter. Furthermore, n = 3 is the exponent in Glen’s flow law. The driving stress τd = ρgH dh
dr is
obtained from the ice density ρ, gravitational parameter g, ice thickness H and surface slope dh/dr
(Van der Veen, 1999). Bedrock adjustment is taken into account by applying:


∂b
1 H
=−
+ b − b0 ,
(2.6)
∂t
τb k
with b and b0 the height and initial height of the bed, τb the relaxation time of the asthenosphere (3000
years) and k = 3 the ratio of the density of ice and the underlying bedrock material. A more thorough
description of the ice sheet model can be found in De Boer et al. (2010).
For the default settings of this thesis, the height of the center Hcnt , slope s and ablation parameter
Cabl are determined by two tuning targets for each ice sheet. The present day sizes of the Antarctic ice
sheet (AIS) and the GrIS are in accordance with the reconstruction of De Boer et al. (2010) (Table 2.2).
Furthermore, glacial inception in East Antarctica starts when the CO2 concentration is close to 700 ppm
(at PD insolation), in accordance with DeConto et al. (2008). The WAIS and GrIS are tuned to obtain
their maximum size during the Last Glacial Maximum (LGM) when the ice covers the entire continent.
The NaIS and EuIS do not reach a geographically imposed maximum size. The tuning parameters of
these ice sheets are chosen to ensure a total sea level drop with respect to PD of approximately 120 m
at the LGM, and the disappearance of the NaIS and EuIS for pre-industrial conditions. The temperature
and insolation input for the mass balance calculation of the ice sheets needs to be provided, before the
ice sheet model can be initialised.

2.1.3

Coupling scheme

In forward mode, the two-way coupling of the zonally averaged energy balance climate model (ZEBCM) and the ice sheet model (ISM) is established as follows (Fig. 2.1): first the ZEBCM is run for
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insolation

CO2

T
Δt=0.5 day
Δx=5 deg

surface height
ice extent

mass balance
Δt=1 month

CLIMATE
1000 year
coupling interval
Δhs
ice volume

ICE
SHEETS
Δt=1 yr
Δx=15-25 km

Figure 2.1: Schematic overview of the coupled ice sheet-climate model in forward mode. The dashed
line marks the novel aspects with respect to De Boer (2012).

Table 2.3: Values used for the coupling of the ZEBCM and the ISM. Note that in the ZEBCM, East and
West Antarctica are combined to form one ice sheet.

Ice Sheet
Eurasia
North America
Greenland
East Antarctica
West Antarctica

Area of temperature
input for ISM
40 − 80◦ N
40 − 80◦ N
72.5◦ N
65 − 90◦ S
65 − 90◦ S

Location of center
in ZEBCM
65◦ N
65◦ N
70◦ N
90◦ S
90◦ S

Value of Cvol
0.92
0.79
1.20
0.85
0.85

1000 years. This is enough time for the atmosphere and ocean surface temperatures to adapt to the distribution of surface type and surface elevation and equilibrate. Thereafter, the ISM receives temperature
data from the ZEBCM and is run for 1000 years. Next, the ZEBCM is forced with the new CO2 and
insolation data and the updated ice volume and height data obtained from the ISM. The mutual communication between the ZEBCM and ISM continues at 1000-year time intervals. The coupling time step
serves to obtain the desired 1000-year output resolution, as the physics in our model are not detailed
enough to simulate sub-millennial climate dynamics. Although it is possible to use a shorter coupling
time step, it slows down the model and does not significantly change the results.
The temperature data going from the ZEBCM to the ISM consist of mean monthly atmospheric
temperatures in ◦ C (reduced to sea level), averaged over the areas where the ice sheets grow (Table 2.3).
The mass balances of the Northern Hemispheric ice sheets (EuIS, NaIS and GrIS) are forced by these
monthly values, corrected for height with a lapse rate of 6.5 ◦ C km−1 . The volumes (V ) of the different ice sheets are transferred to the ZEBCM. The relation for the volume-to-area ratio of a perfectly
plastic ice sheet V = Cvol × A5/4 (Bahr et al., 1997) is then used to calculate ice extent (A). The ice
sheet-dependent gain factor Cvol is calculated from the data of De Boer et al. (2013) (Table 2.3). The
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insolation

T
CO2
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routine

CLIMATE
Δt=0.5 day
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ice volume
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Benthic δ18Omod
Benthic δ18Oobs

Figure 2.2: Schematic overview of the coupled ice sheet-climate model in inverse mode. Changes with
respect to the forward mode are marked red.

Northern Hemispheric ice sheets are centered at the locations specified in Table 2.3 and grow circularly.
The influence of the geographical position of the ice sheets in the ZEBCM on the climate will be studied
in Chapter 3. The sum of the Southern Hemispheric ice sheet-areas is considered to be a single circle,
centered at the South Pole (90◦ S).
The PD topography in the ZEBCM is taken from Becker et al. (2009). This topography is assumed
to be consistent with the ice sheet heights calculated from a steady-state run of the coupled model,
forced by PD insolation and pre-industrial (PI) CO2 (280 ppm). For the Northern Hemispheric ice
sheets, height changes with respect to PI are determined from the ISM. To calculate the height changes
for Antarctica, the Southern Hemispheric ice sheets (WAIS and EAIS) are considered to be a single
perfectly plastic ice sheet. The total area is used to
qget the ice-sheet radius, and the ice thickness profile

from the edge to the center follows from h(x) = 2τρg0 x (Oerlemans, 2011), where h(x) is the thickness
at location x, τ0 the yield stress (calculated by matching PD ice volume and PD ice area), ρ the density
of ice and g the gravitational acceleration. Integration of this formula per latitude band yields the mean
zonal thickness.

2.2

Coupled ice sheet-climate model: Inverse mode

In Chapters 4 to 6 we will use the coupled ice sheet-climate model in inverse mode (Fig. 2.2). This
means that CO2 concentrations are no longer prescribed by a priori constructed records, but yielded by
a routine that calculates CO2 from benthic δ 18 O data. To use this routine, a parameterisation of benthic
δ 18 O values needs to be included in the model.
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2.2.1

Modelling benthic oxygen isotopes

The ice sheet model is equipped with a parameterisation of benthic δ 18 O values (De Boer et al., 2010)
using the following equation:
"
#
δ 18 OiVi
δ 18 OiVi
δ 18 O = [δ 18 Ob ]PD −
+
+ γ∆To .
(2.7)
Vo
Vo
PD

The first term on the right hand side is the observed present-day value of benthic δ 18 O. The influence
of the ice sheets on the signal is represented by the second and third term. Here, Vo and Vi are volume of
the ocean and land ice respectively. The following formulation of the isotopic content of the ice sheets
is adopted (Cuffey, 2000):
δ 18 Oi = δ 18 OPD + βT ∆T + βZ ∆Z.

(2.8)

Here, βT and βZ are ice-sheet dependent parameters, that determine the influence of annual mean
temperature change (∆T ) and surface height change (∆Z) per grid cell; their values are the same as
used by De Boer et al. (2010) (Table 2.2). Present-day isotopic contents of the GrIS, WAIS and EAIS
match the modeled values of an earlier study by Lhomme et al. (2005). The final term on the right
hand side of Eq. 2.7 quantifies the influence of deep-sea temperature change with respect to present day
(∆To ). The gain factor γ is set to 0.28 h K−1 , taken from a paleotemperature equation (Duplessy et al.,
2002). We assess the sensitivity of the model to this value in Chapter 4. The deep-sea temperature
perturbation is determined from the climate model as the 40-80◦ N mean of the second vertical ocean
layer, representative of the mid-latitude North Atlantic deep ocean and the depth for the habitat of
benthic foraminifera.

2.2.2

Inverse benthic δ 18 O routine to calculate CO2 concentration

We use an inverse forward modeling approach to calculate CO2 from benthic δ 18 O data. This is
achieved by a two-step iterative routine. Each 1000-year cycle starts with an update of the insolation input. At this first iteration step, a new CO2 concentration is obtained from the difference between
the modeled benthic δ 18 O value and the observed value 500 years later:
CO2 = CO2 ∗ exp[c ∗ {δ 18 O(t) − δ 18 Oobs (t + 0.5kyr)}].

(2.9)

The coupled model is run for 500 model years. Thereafter, as a second iteration step Eq. 2.9 is applied
again. The model is then run for another 500 years, using updated CO2 , ice sheet extent and surface
height. The coupling timestep of the climate model and the ice sheet model is therefore reduced to 500
years. However, in this second iteration step, both models are still forced by the same insolation. While
in principle this yields 500 year-resolution records, only the results after the second iteration step are
recorded and displayed in this paper. The temporal resolution of the simulations is therefore 1000 years,
which is the desired resolution as explained in Sect. 2.1.3. We justify excluding the intermediate values,
by running the model again in forward mode, forced by the 1000-yr resolution simulated CO2 record
and with a 1000-year coupling timestep; this does not significantly alter the resulting climate and ice
volume records.
In Eq. 2.9, CO2 is the mean CO2 concentration of the preceding 15 kyr, which reflects the long-term
timescale of the carbon cycle. Parameter c is the factor controlling the CO2 response to benthic δ 18 O
changes, and is set to 0.45h−1 . Together, CO2 and c determine the strength of the response of CO2 to
changes in δ 18 O. While c is kept constant, it is important to stress that a variable relation between δ 18 O
and CO2 is ensured by the carbon-cycle timescale, and most importantly by the second iteration step in
the inverse routine. Both the carbon-cycle timescale and c are used to tune the modeled CO2 over the
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EPICA
This thesis

Figure 2.3: Modeled CO2 over the past 800 kyr (red), compared to the EPICA ice-core record (EPICA
community members, 2004) interpolated to 1000-yr temporal resolution (blue).

past 800 kyr to match the EPICA ice-core record (EPICA community members, 2004) (Fig. 2.3). When
20-kyr running averages of both the simulation and this data are considered, the agreement is very good
over the full simulated period (Root mean square error (RMSE)=18 ppm, coefficient of determination
r2 =0.73). However, also on the original 1000-yr resolution, model and data show reasonable agreement
(RMSE=26 ppm, r2 =0.59); the model bias is then -3.9 ppm. In this calibration and in Chapter 4, we
used the stacked record of Lisiecki and Raymo (2005)[LR04] for the observed δ 18 O. This record was
linearly interpolated with a 5-kyr running average to 100-year resolution and smoothed over six data
points. In Chapters 5 and 6 we use the stacked record of Zachos et al. (2008) [Z08] for the observed
benthic δ 18 O record, and in Chapter 5 we additionally use the stacked record of Cramer et al. (2009)
[C09].

2.3

CLIMBER-2

In Chapter 7 of this thesis, we will use the intermediate complexity climate model CLIMBER-2
(Petoukhov et al., 2000), which contains atmospheric, ocean, and terrestrial components. The atmosphere is represented by a 2.5 dimensional statistical-dynamical model with a 10◦ latitudinal, a ∼51◦
longitudinal resolution, and a single day time step. The prescribed vertical structure has 10 vertical
levels for the calculation of vertical movement, temperature and humidity, and 16 levels for long-wave
radiative fluxes. The terrestrial model used in CLIMBER-2 is VECODE (Brovkin et al., 1997). This
component determines the potential vegetation of every grid cell based on the temperature and precipitation, using a time step of one year. CLIMBER-2 further entails a 3-basin ocean model based on Stocker
et al. (1992). It describes the zonally averaged flow of water and evolution of temperature and salinity
in the Atlantic, Indian, and Pacific basins, which are connected through the Southern Ocean. The time
step is 5 days and the latitudinal resolution is 2.5◦ . The ocean contains 20 unevenly distributed vertical
levels. Sea ice thickness and extent are calculated using a thermodynamic scheme. CLIMBER-2 compares favourably to GCMs in simulating present-day climate (Petoukhov et al., 2000; Ganopolski et al.,
2001). Its low computational cost makes it well suited for paleoclimate research on long time scales. In
earlier research, it has for instance been deployed to simulate the Pleistocene (Ganopolski and Calov,
2011), the Pliocene (Willeit et al., 2015), and the last glacial cycle (Robinson et al., 2011). Recently,
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the model has been used to design a critical insolation–CO2 relation for diagnosing the inception of
Northern Hemispheric glaciation (Ganopolski et al., 2016).
We force this climate model by data on insolation, land ice and CO2 concentrations. To calculate
insolation we use the orbital solution of Laskar et al. (2004). The land ice forcing follows from an fivemillion year run of 3-D ice sheet model ANICE, forced by benthic δ 18 O (Lisiecki and Raymo, 2005)
using the inverse technique described in De Boer et al. (2013, 2014a). This run yields geographically
specific land ice extent and thickness of the ice sheets in the Northern Hemisphere and the Antarctic
ice sheet. In our setup, ice volume variability influences the land albedo as well as the surface height,
but not the ocean salinity. CO2 concentrations are obtained from an updated version of the proxy-data
composition of Van de Wal et al. (2011), which was constructed by inferring a log-linear relation between the Northern Hemispheric temperature derived by De Boer et al. (2014a) and an assemblage of
CO2 proxy data. Non-CO2 greenhouse gases are not taken into account.
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During the Cenozoic, land ice and climate interacted on many different timescales. On long
timescales, the effect of land ice on global climate and sea level is mainly set by large ice sheets in
North America, Eurasia, Greenland and Antarctica. The climatic forcing of these ice sheets is largely
determined by the meridional temperature profile resulting from radiation and greenhouse gas forcing.
As a response, the ice sheets cause an increase in albedo and surface elevation, which operates as
a feedback in the climate system. To quantify the importance of these climate–land ice processes, a
zonally averaged energy balance climate model is coupled to five one-dimensional ice sheet models,
representing the major ice sheets. In this Chapter, we focus on the transient simulation of the past
800,000 years, where a high-confidence CO2 record from ice core samples is used as input in combination with Milankovitch radiation changes. We obtain simulations of atmospheric temperature, ice
volume and sea level that are in good agreement with recent proxy-data reconstructions. We examine
long-term climate–ice-sheet interactions by a comparison of simulations with uncoupled and coupled
ice sheets. We show that these interactions amplify global temperature anomalies by up to a factor of
2.6, and that they increase polar amplification by 94 %. We demonstrate that, on these long timescales,
the ice-albedo feedback has a larger and more global influence on the meridional atmospheric temperature profile than the surface-height-temperature feedback. Furthermore, we assess the influence of
CO2 and insolation by performing runs where one or both of these variables are kept constant. We find
that atmospheric temperature is controlled by a complex interaction of CO2 and insolation, and both
variables serve as thresholds for Northern Hemispheric glaciation.

3.1

Introduction

Earth’s climate is characterised by glaciations and deglaciations of the Northern Hemisphere during the
past 800,000 years. For this period, the Dome C ice core provides a record of CO2 , CH4 , N2 O and
deuterium-based Antarctic temperature (EPICA community members, 2004; Loulergue et al., 2008;
Spahni et al., 2005; Jouzel et al., 2007). The Antarctic atmospheric temperature is tightly connected
to a reconstruction of sea level over the past five glacial cycles, based on Red Sea bulk sediment analysis (Rohling et al., 2009). Ice coring performed on the Greenland Ice Sheet has provided records of
several water isotopes (GRIP members, 1993; NGRIP members, 2004; NEEM community members,
2013). These indicate local temperature variability, although their interpretation is ambiguous (see e.g.
different glacial–interglacial reconstructed temperature variability in Kindler et al., 2014, and Simonsen et al., 2011). Greenland and Antarctic climate have been shown to correlate closely to each other
(EPICA community members, 2006). Additionally, important information arises from deep-sea sediment records of benthic δ 18 O (Zachos et al., 2008; Lisiecki and Raymo, 2005). These serve as an
independent proxy for ice volume only after correction for the also contained deep-sea temperature signal. Köhler et al. (2010) combined data on the radiative forcing of solar insolation, greenhouse gases
(GHGs) and model-deduced ice volume, sea ice, vegetation and dust, to identify the importance of
these components in governing temperature variability. This hybrid model–data approach has given
a comprehensive overview of the importance of the different factors that played a role in the past
glacial–interglacial cycles. However, their inferred global cooling between present day and the Last
Glacial Maximum of 6.4–9.6 K was considerably larger than recent proxy-data-reconstructed ones of
5.8 K (Schneider von Deimling et al., 2006), 3.0 K (Schmittner et al., 2011) and 4.0 K (Annan and Hargreaves, 2013). Model studies can help in understanding this mismatch, which is possibly explained by
background climate-state dependency of water vapour, lapse rate and cloud feedback strengths (Köhler
et al., 2010). In addition, climate models offer the possibility of assessing the importance of its components and the interaction between processes by comparing results with those obtained from runs with
one or more variables kept constant. This can also provide insight into the processes governing polar
amplification, the ratio of polar to global temperature change.
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Modelling ice ages is a classic issue in climate dynamics. Milankovitch recognised that Earth’s climate is influenced by changes in solar radiation through three orbital parameters: eccentricity, precession and obliquity (Milankovitch, 1930), all varying with distinct frequencies. In 1941, he was the first
to present calculations on the latitude-dependent seasonal solar insolation at the top of the atmosphere
based on variations in these parameters (Milankovitch, 1941). Since then, these calculations have been
improved (e.g. Berger, 1978; Laskar et al., 2004). Milankovitch proposed that, as a result of changing
insolation, summer temperature on the Northern Hemisphere would vary and lead to glacial cycles.
Indeed, orbital frequencies were discovered in climate records from marine sediments (e.g. Hays et al.,
1976; Shackleton, 2000) and ice cores (Jouzel et al., 1989). The influence of solar insolation changes
on the waxing and waning of ice sheets was discussed in many studies of varying complexity (Calder,
1974; Imbrie and Imbrie, 1980; Paillard, 1998) as well as in studies with ice-dynamical models (Pollard,
1978; Oerlemans, 1980, 1982). However, simulating ice ages solely with solar variability remains difficult because of the lack of spectral power in the eccentricity (100 kyr) band (Imbrie et al., 1992). More
recently, research has focused on insolation forcing and internal climate feedbacks between climate,
ice sheets, and terrestrial dust (Ganopolski and Calov, 2011) or the lithosphere–asthenosphere system
(Abe-Ouchi et al., 2013). Several other studies stress the importance of CO2 forcing as an important
driver of climatic changes (e.g. Paillard and Parrenin, 2004). In addition, Ritz et al. (2011) showed the
importance of ocean circulation using a coupled ocean–atmosphere model with ice sheet forcing. Still
under debate is the precise role of long-term ice-sheet–climate feedbacks in the climatic response to
CO2 and insolation forcing, which is the focus of this study.
Obviously, land ice and climate are intimately linked. When local temperature is cold enough, winter snow accumulation can exceed summer melt, and as a result an ice sheet is formed. This ice sheet
alters the climate in several ways. Two effects are most important on long timescales. Firstly, the ice
sheet reflects more shortwave radiation than the underlying ground, leading to lower temperatures. This
is known as the ice-albedo feedback. Secondly, the ice increases the height of the surface. The surface
is then positioned higher in the atmosphere, where temperatures are lower. This is called the surfaceheight-temperature feedback. The latter effect is partly counteracted by lowering of the ice sheet bed
by the induced ice loading. The cooling, effectuated by the feedbacks, consequently leads to more ice
formation. The coupled nature of land ice and climate calls for combined modelling.
Earlier modelling studies addressing long-term global ice volume variations used stand-alone icedynamical models (Bintanja et al., 2005a; Bintanja and Van de Wal, 2008; De Boer et al., 2010, 2013).
In these studies, the only information on climate consisted of globally uniform temperature perturbations with respect to pre-industrial (PI) climate. They obtained reconstructions of Northern Hemispheric
temperature, ice volume and sea level from benthic δ 18 O data using an inverse routine. From that, a consistent CO2 simulation was constructed based on a simple relation between the Northern Hemispheric
temperature and CO2 data from several proxy records (Van de Wal et al., 2011). These studies, however, lacked information on the meridional temperature distribution. Moreover, the representation of
deep-ocean temperatures was very simplistic and CO2 was not incorporated into the model. Therefore,
it was not possible to study the individual contributions of insolation, CO2 and land ice on temperature
and sea level.
In this Chapter, we no longer use the inverse benthic δ 18 O routine. Instead, we aim to quantify the
influence of the aforementioned ice-sheet–climate feedbacks by coupling a climate model to a dynamical ice sheet model. Several recent studies have used a similar approach, mostly using three-dimensional
ice sheet/shelf models of a single ice sheet, asynchronously coupled to Earth system models of intermediate complexity (EMICs) or global climate models (GCMs). In other cases, the ice sheet/shelf model
is forced with look-up tables of climate, calculated beforehand with GCMs. These studies focused predominantly on relatively short timescales, e.g. the last glacial cycle (Helsen et al., 2013; Ganopolski
et al., 2010) and the termination of the last interglacial (Herrington and Poulsen, 2011). Alternatively,
they addressed a single climatic event, such as the Eocene–Oligocene boundary (DeConto and Pollard,
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2003; Wilson et al., 2013), the middle Miocene transition (Langebroek et al., 2009) or the possible
future retreat of the Greenland Ice Sheet (Ridley et al., 2005). Transient runs at timescales spanning
∼ 100 kyr (Abe-Ouchi et al., 2013; Ganopolski and Calov, 2011) to ∼1–10 Myr (Pollard et al., 2013b)
have also been performed, but to our knowledge no study simulated all the major ice sheets simultaneously in a fully coupled fashion. Here, we combine a zonally averaged energy balance climate model
(ZEBCM; Bintanja, 1997) and a one-dimensional ice sheet model (ISM; De Boer et al., 2010). The
relative simplicity and consequent short computation time of these models enable us to perform a large
suite of model tests and 800 kyr long transient simulations of global climate for all five major ice sheets.
Furthermore, this approach allows us to study different feedback mechanisms. Our setup bears resemblance to the LLN 2D climate model, which also consists of a zonally averaged climate model coupled
to a one-dimensional ice sheet model. The LLN 2D model was used to study ice ages (Gallée et al.,
1992; Berger et al., 1998; Loutre and Berger, 2000; Pépin et al., 2001) and the past 3 Myr (Berger et al.,
1999). However, our model includes the Southern Hemisphere and Antarctica, and in this Chapter we
force CO2 using a longer ice core record. We will compare our results with these studies in Sects. 3.3.5
and 3.3.6.
From the results of the coupled model, we obtain a reconstruction of ice volume, sea level and
meridional temperature, driven by CO2 and insolation. Firstly, we will present this reconstruction,
along with sensitivity tests to various aspects of the coupled model and a comparison with existing
data from proxies and models. Secondly, we will compare simulations with uncoupled and coupled ice
sheets to assess the influence of climate–ice-sheet feedbacks. By only passing ice extent or ice height to
the climate model, we will differentiate between the effects of the ice-albedo feedback and the surfaceheight-temperature feedback. Moreover, we will address polar amplification and climate sensitivity
over these 800 kyr. Finally, the relative contributions of insolation and CO2 to climate variability will
be studied by performing model runs with one of these variables held constant.

3.2

Models and methods

In this Chapter, we use a coupled ice sheet-climate model in forward mode, as described in Sect. 2.1.
Briefly, it consists of a zonally averaged energy balance climate model (ZEBCM) coupled to a onedimensional ice sheet model (ISM). The ZEBCM has a 5◦ longitudinal resolution. It uses a radiative
transfer scheme to calculate vertical transport of energy, while meridional atmospheric transport is parameterised by a diffusion equation. The advection-diffusion ocean component consists of six layers
and simulates the large-scale meridional overturning. The variable strength of the meridional overturning depends on the difference in density between the polar and equatorial waters in each hemisphere.
The midpoint of the circulation may vary as a result of changing density differences between the northern and southern polar waters. Sea ice is calculated purely thermodynamically with 1.25◦ resolution.
Local temperatures calculated by the ZEBCM are used in the mass balance routine of the ISM. In this
routine, snow fall is as a temperature-dependent fraction of precipitation (P), which is calculated as a
function of temperature (T ) and ice-sheet radius (R):
P = P0 e0.04T −R/Rc ,

(3.1)

where P0 and Rc are a reference precipitation and critical radius (Table 2.2). Ablation M follows from
a insolation-temperature melt equation:
M = [10T + 0.513(1 − α)Q +Cabl ]/100.

(3.2)

Here, α and Q are local surface albedo and insolation, while Cabl is an ice-sheet dependent parameter
determining the threshold for the onset of ablation. Using the well-known Shallow Ice Approximation
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Figure 3.1: (a) Modelled PI (dashed green) and PD (red) atmospheric meridional temperature distributions and PD ERA-40 reanalysis data (Uppala et al., 2005, blue). (b) Modelled reference
LGM–PI atmospheric temperature difference (red), compared to the data reconstruction of
Annan and Hargreaves (2013) ([AH13]; blue, with error bars).

(SIA), the ISM calculates ice flow on the areas where the five major ice sheets grow: the Eurasia (EuIS),
North America (NaIS), Greenland (GrIS), East Antarctica (EAIS) and West Antarctica (WAIS). These
areas are represented by axial symmetric cones, with linear (GrIS, EAIS, WAIS) or parabolic (EuIS,
NaIS) cross-sectional initial ice-free height profiles. The resulting changes in surface height and ice
extent are communicated back to the ZEBCM, where they are used to update the surface height and
land ice fractions. Exchange of variables between the ZEBCM and ISM occurs every 1000 model
years. The coupled model is forced over time by Milankovitch insolation changes (Laskar et al., 2004)
and pre-described CO2 records. Here, we mostly use the EPICA Dome C proxy-CO2 record (EPICA
community members, 2004). The radiative forcing anomaly with respect to present day of these CO2
values is multiplied by a factor 1.3 to account for non-CO2 GHGs.

3.3
3.3.1

Results and discussion
Present-day validation and reference experiment

First, an equilibrium PI/PD model test was performed by running the coupled model for 100 kyr, starting with no ice, PI insolation and PI CO2 of 280 ppm as input. After 50 kyr, the input was replaced with
PD values (350 ppm CO2 ), but the ice sheet forcing in the ZEBCM was kept constant at the final PI
level, because PD land ice is not in long-term equilibrium with PD climate. Year 50,000 represents the
equilibrium climate for PI, and year 100,000 for PD. The resulting equilibrium meridional temperature
distribution for both climates is plotted and compared to PD ERA-40 reanalysis data for 1970–2000
(Uppala et al., 2005) in Fig. 3.1a. The difference between PI and PD temperatures is rather small: 1 K
globally averaged, though locally up to 4 K. The model generally captures the observed temperature
distribution and is globally averaged only slightly too warm: 288.1 K, whereas 287.7 K is observed.
At 10–50◦ N the model produces moderately higher temperatures than the observations, while at 50–
90◦ N they are lower. In the Southern Hemisphere, temperatures are locally somewhat overestimated at
52.5◦ and 72.5◦ S. Local differences are most likely due to missing atmosphere and ocean dynamics.
In this respect, the most important deficiency of the model is the assumption of infinite zonal exchange
of energy between ocean and land atmosphere. This may lead to underestimation (overestimation) of
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the seasonal temperature cycle at land (ocean)-dominated latitudes. Tests with finite wind strength,
however, did not produce better results. The results of our model setup, where ice volume may vary
over time, are in general accordance with PD model tests performed with the old setup of the ZEBCM
forced by observed PD ice (Bintanja, 1997). Overall, the model performs reasonably well in simulating
steady-state PI and PD climate.
Thereafter, a reference run of the coupled model was performed. The model was spun up for
386 kyr, with 1072–786 kyr ago insolation data. CO2 was gradually lowered from 730 to 280 ppm.
During the last 100 kyr of the spin up, an artificial interglacial–glacial CO2 cycle was simulated by
a cosine, with CO2 values ranging from 280 to 180 ppm. After the spin up, the model was run for
786 kyr. CO2 data of the EPICA record (Jouzel et al., 2007), interpolated to yearly values, were used as
input, along with 5 ◦ resolution insolation data of Laskar et al. (2004). The 65◦ N insolation and CO2
input are plotted in Fig. 3.2, as well as the modelled NH temperature (40–80◦ N mean), sea level and
global temperature. Figure 3.1b shows the modelled meridional temperature difference between PI and
LGM (19–23 kyr ago mean), compared to the zonally averaged data from a recent LGM reconstruction
(Annan and Hargreaves, 2013, AH13). As can be seen, the modelled distribution lies within the uncertainty band of the reconstruction everywhere except at the North Pole. The modelled temperature
difference gradient is larger then the reconstructed one, especially in the Northern Hemisphere. The
PI-LGM global temperature difference calculated by the model is 4.9 K; this is higher than the 4.0 K
found by Annan and Hargreaves (2013), but lower than the difference inferred by Schneider von Deimling et al. (2006) (5.8 K). Furthermore, the modelled PI-LGM difference is in broad agreement with
results of the seven Paleoclimate Modelling Intercomparison Project Phase III (PMIP3) and Coupled
Model Intercomparison Project Phase 5 (CMIP5) models, presented in the 2013 IPCC report (MassonDelmotte et al., 2013).
A comparison of the modelled sea level with an earlier modelling study (De Boer et al., 2010)
and Red Sea sediment data ((Rohling et al., 2009, R09) is shown in Fig. 3.3. In general, the glacial–
interglacial cycles are simulated well by the model. There is reasonable agreement between model and
data (r2 of 0.71, RMSE = 31.8 m; Fig. 3.3a). The last glacial cycle (125 kyr ago to present) is particularly well modelled (r2 of 0.86, RMSE = 22.5 m; Fig. 3.3b). Although the general trend is simulated
more accurately by De Boer et al. (2010), the strength of the ∼ 40 kyr fluctuations in the sea level data
at 90 kyr ago and 60 kyr ago is captured better by our coupled model. Around 330 to 260 kyr ago,
modelled glaciation takes place much later than in the reconstructed sea-level record. This mismatch
will be discussed further in Sect. 3.3.6. The model seems to slightly underestimate the sea level drop
at 250, 350 and 440 kyr ago. This may at least in part be attributed to an underestimated sensitivity of
the Antarctic ice sheets to temperature changes. Recent estimates of the LGM Antarctic ice volume
difference show an increase of ∼8–10 m s.l.e. with respect to PI (e.g. Maris et al., 2014). In our model,
a ∼ 4 m s.l.e. size increase in the West Antarctic Ice Sheet during glacials is almost entirely offset by a
decrease in the East Antarctic Ice Sheet due to decreased precipitation. This stability is a consequence
of the simplified geometry of the one-dimensional ice sheet model and the lack of ice shelf dynamics,
as modelling studies using more sophisticated ice sheet/shelf models show larger Antarctic Ice Sheet
glacial–interglacial differences (De Boer et al., 2013; Pollard and DeConto, 2009).

3.3.2

Comparison of reconstructed temperatures

A comparison is made between the modelled Greenland temperature anomaly and a 2 kyr smoothed
data reconstruction (Johnsen et al., 1995) based on δ 18 O from the GRIP core (GRIP members, 1993)
(Fig. 3.4a). Modelled Greenland temperature is assumed to be the simulated 70◦ N temperature at sea
level, corrected for the height of the Greenland Ice Sheet centre. The overall agreement between model
and data is decent; the model captures the main trend of the data (r2 of 0.82). The rapid, sub-millennial
fluctuations, however, are not present in the model output because of lacking short-timescale forcing
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Figure 3.2: Insolation (Laskar et al., 2004, red), CO2 (EPICA community members, 2004, green) input,
modelled reference NH temperature (orange), sea level relative to PD (blue), and global
temperature (black).
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Figure 3.3: Modelled reference sea level relative to PD (red), compared to data from Red Sea sediments
(Rohling et al., 2009, blue dots) and model output from De Boer et al. (2010) (green) for
the past 800,000 years (a) and the past 125,000 years (b).
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Figure 3.4: (a) Modelled reference Greenland temperature anomaly from PI (red), compared to the 2 kyr
smoothed data reconstruction (Johnsen et al., 1995) based on δ 18 O from the GRIP core
(GRIP members, 1993, blue). (b) Modelled reference Antarctic temperature anomaly from
PI (red), compared to a reconstruction based on the deuterium isotope record of the Dome C
ice core (Jouzel et al., 2007, blue). (c) Modelled reference deep-ocean temperature anomaly
from PI, globally averaged (red), and at 42.5◦ S (blue), compared to a reconstruction from
the Mg/Ca ratio of a sediment core (Elderfield et al., 2012 [E12], black) drilled at 41◦ S.
(d) Modelled reference NH (40–80◦ N averaged) deep-ocean temperature anomaly from PI
(purple), compared to model output from De Boer et al. (2010) ([DB10], brown) and the
modelled reference NH atmospheric temperature anomaly from PI multiplied by a factor of
0.2 (cyan).
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variations. Furthermore, the model seems to underestimate the amplitude of the temperature record
by approximately 5 K. Some uncertainty resides in the interpretation of the data, as Greenland temperature records inferred from different water isotope data show different glacial–interglacial variability
(Kindler et al., 2014; Simonsen et al., 2011). However, most likely this underestimation of temperature variability is predominantly a consequence of the zonal averaging in our model, which distributes
temperature anomalies over the entire meridional band. In reality, local temperature differences can be
much larger than the zonal average, especially over ice sheet areas, which are prone to large albedo and
height changes.
In Fig. 3.4b, the modelled Antarctic temperature anomaly (60–90◦ S surface temperature) is shown,
together with the temperature reconstruction based on the deuterium isotope record of the Dome C ice
core (Jouzel et al., 2007). The modelled temperature shows rapid fluctuations of larger amplitude than
the data. These are associated with shifts of the ocean-overturning midpoint. These shifts have a profound effect on Antarctic climate. By increasing inter-hemispheric heat transfer, they lead to lower
Antarctic glacial temperatures that are more in line with observations. However, the shifts have a discrete character as, restricted by the model resolution, the midpoint moves 5◦ at once. This leads to
overestimation of temperature fluctuations. Nonetheless, a good coherence of model output and data is
visible, both in timing (r2 of 0.73) and in amplitude (RMSE of 2.5 K). During the past four interglacials
this agreement is less good; the data shows up to 4 K higher temperatures, while the model only calculates conditions similar to PI. This underestimation was also found by Ganopolski and Calov (2011),
who attributed it to not including West Antarctic Ice Sheet changes. Although we do include Antarctic
volume changes in our model, the combined Antarctic Ice Sheet shows too little variability to produce
interglacial temperatures markedly higher than PI (see also Sect. 3.3.1).
Figure 3.4c shows the deep-sea temperature anomaly, as calculated by the model and as reconstructed from the Mg/Ca ratio of a sediment core (Elderfield et al., 2012). The second vertical layer
of the ocean model is assumed to represent the deep ocean. The sediment core was drilled as part of
the Ocean Drilling Program (ODP) at 41◦ S (leg 181, site 1123). Two model records are displayed:
the mean deep-sea temperature anomaly of the total ocean (red line) and the zonal average at 42.5◦ S
(blue line). While the model output at 42.5◦ S corresponds reasonably well with the data (r2 of 0.59),
the amplitude of the anomaly is smaller than observed. The aforementioned stability of the Antarctic
Ice Sheet probably plays a role in this underestimation. Moreover, the zonally averaged ocean is only
a crude representation of the real ocean system, which has three main basins, and where the deep-ocean
temperature is also determined by the zonally varying circulation of deep water. Also visible in Fig. 3.4c
is that the total ocean anomaly differs from the zonal average at 42.5◦ S almost solely by a scaling factor
(r2 of 0.91). Deep-ocean temperatures are uniform in signal in the Southern Hemisphere but amplified
in strength at the pole, similar to atmospheric temperatures.
Studies using one-dimensional (De Boer et al., 2010) and three-dimensional (De Boer et al., 2013)
ice models have used scaling factors of 0.15 and 0.20, respectively, to relate deep-sea temperature
anomalies to NH atmospheric temperature anomalies with a 3 kyr lag. Based on our model, using
a scaling factor of 0.105 achieves the best fit for this relation. On the other hand, we find that a factor of
0.2 is justified when the deep sea of the same area as the atmospheric temperature (40–80◦ N) is considered, as can be seen in Fig. 3.4d (cyan and purple lines). Indeed, the modelled 40–80◦ N deep-sea
temperature anomalies have an amplitude similar to the model output of De Boer et al. (2010) (brown
line).

3.3.3

Sensitivity analysis

Many assumptions and choices have been made to develop the setup of the coupled model. Some of
these may have a large impact on the model results. To test the sensitivity of the model to the aspects
introduced in this study, we performed additional runs with one aspect changed at a time. Many options
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Figure 3.5: Modelled NH temperature (top), sea level relative to PD (middle), and NH overturning
strength (bottom) for the reference run (red), a run with fixed PD overturning (blue), and
a run with varying overturning strength but a fixed midpoint (black).
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were tested, but most were found to be of minor importance. Here, we present the tests on the most
important aspects: (1) the formulation of ocean overturning, (2) the position of the ice sheets in the
ZEBCM, and (3) the radiative forcing strength of non-CO2 greenhouse gases.
The historical strength of the NH ocean overturning is not well constrained and varies significantly
between different models (e.g. Bakker et al., 2013; Weber et al., 2007). In our reference run, the strength
is 9–11 Sv in fully glaciated conditions and 14–15 Sv during interglacials. The strength of our SH ocean
overturning is ∼ 13 and ∼ 27 Sv in glacials and interglacials, respectively. Both ranges are similar to
the results of Ritz et al. (2011), who used a more detailed ocean model. In our model, overturning
strength is variable in two ways (see Sect. 2.1.1): it is dependent on the equator-to-pole water-density
difference, and on the pole-to-pole water-density difference through the shifting midpoint. A model run
is performed in which the overturning circulation is fixed to its PD strength and pattern (Fig. 3.5, blue
lines). At 620 to 500 kyr ago, glaciation is initially stronger, but ceases earlier than in the reference
run. Aside from this period, the temperature and sea level reconstructions look very similar to the reference experiment. In a model run where the overturning strength is varied depending on equator-to-pole
water density difference but the midpoint is fixed to its PD position (Fig. 3.5, black lines), the overturning strength is more stable than in the reference run. The 620 to 500 kyr ago period looks similar to
the fixed PD-overturning case. This indicates that the delayed major glaciation in the reference run is
caused by the shifting midpoint. In the fixed PD-overturning case, NH temperatures fluctuate slightly
less. This is reflected in a smaller LGM–PI temperature difference in the NH. Shifting the overturning
midpoint only has a very small effect on this difference. For Antarctic temperatures, the opposite holds.
Varying ocean strength increases the SH LGM–PI difference only a little, while the midpoint shift more
than doubles it. The difference between NH and SH (polar) temperatures in sensitivity to oceanic heat
transfer in the ZEBCM was earlier noted by Bintanja and Oerlemans (1996). They used manually set
reduced SH overturning strength to obtain a lower Antarctic LGM temperature. In a more physical way,
our approach of changing ocean overturning strength and a shifting midpoint, mimicking the effect of
relative increase in the Atlantic cross-equatorial flow, also leads to good agreement with the data (see
Sect. 3.3.2).
The NH ice sheets grow circularly in the ZEBCM, starting from a fixed centre. In reality, growth is
more or less southward, starting at higher latitudes. The present-day situation, with a matured Greenland Ice Sheet, but no Eurasian and North American ice sheets, is accurately modelled in terms of
temperature (Fig. 3.1a). Nonetheless, it is desirable to know the influence of the positioning of the NH
ice sheets in the ZEBCM. We conduct a model run with 5◦ more northerly, as well as a run with 5◦ more
southerly, NH ice sheet centres. The further the ice sheets are located towards the equator, the larger the
effect of increased albedo becomes, since more radiation is reflected. Consequently, temperatures are
colder for more southern ice sheet positions. Moreover, the LGM–PI temperature difference minimum
shifts by 5◦ to 65◦ N (Fig. 3.6). As is shown in Sect. 3.3.4, this is caused by the surface-height changes.
In contrast to the overall colder temperatures, this minimum shift cannot be undone by a different tuning
of the ISM. The setup of the reference run, the Greenland Ice Sheet centred at 65◦ N, and the Eurasian
and North American ice sheets at 60◦ N results in the best correspondence to the LGM–PI difference
found by Annan and Hargreaves (2013), while the ice sheets are still located in geographically realistic
positions.
Lastly, our assumption of enhancing the radiative forcing of CO2 by a factor of 1.3, to account for
non-CO2 GHGs, is tested. When we do not enhance CO2 radiative forcing, temperature deviations are
smaller (not shown), as expected. However, the simulated evolutions of the global temperature and sea
level are only different from the reference reconstruction from 620 to 500 kyr ago. In this case, there
is no glaciation at all during the whole period. In addition, a model run is performed using the actual
enhancement of CO2 by CH4 and N2 O, from records of Loulergue et al. (2008) and Spahni et al. (2005)
following Köhler et al. (2010). The radiative forcing in this case is almost the same as in the reference
case. Not surprisingly, there is also little difference in the reconstructed NH temperature and sea level.
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Figure 3.6: Modelled LGM–PI atmospheric temperature difference, for the reference run (red), a run
with the NH ice sheets placed 5◦ more to the north (blue), and a run with the NH ice sheets
placed 5◦ more to the south (black).

Even in the period 120 to 80 kyr ago, the onset of the last glacial period, where the radiative forcing is
considerably stronger than in the reference, the NH ice sheets do not grow more quickly. This indicates
that the build-up of ice sheets is limited by precipitation rather than the temperature decrease. As could
be expected, the LGM–PI temperature difference is increased by taking non-GHGs into account (not
shown). Conversely, using a CO2 enhancement factor of 1.3 has a similar effect to using real radiative
forcing data of the most important non-GHGs.

3.3.4

Climate–ice-sheet feedbacks

To quantify the effect of long-term ice sheet variability on the climate, the fully coupled model runs
are compared to (partly) uncoupled runs (Fig. 3.7). The ISM is still forced with ZEBCM temperatures,
but no information (blue line), only surface-height change (orange line), or only ice volume (black
line), is transferred back to the ZEBCM. The missing information needed to calculate ice sheet size
(albedo) or surface height, or both (see Sect. 2.1.3), is prescribed as PD values. Figure 3.7 shows that
ice-sheet–climate feedbacks do not alter the evolution of global temperature fluctuations, nor do they
delay glaciation. However, the amplitude of the global temperature and sea level cycles is reduced to
about half the size. Temperature minima in the NH are reduced even more severely. This becomes most
apparent from the LGM–PI difference, which is augmented by the ice-sheet–climate to about 5 times the
uncoupled-case difference (Fig. 3.8a). Ice-sheet–climate feedbacks are most prominently affecting the
NH. This is not surprising, since there ice sheet variability is much larger than on the SH. In Figs. 3.8
and 3.9, it is also visible that the ice-albedo feedback has a larger influence than the surface-heighttemperature feedback. Uncoupling ice albedo has almost the same effect as completely uncoupling
the ice sheets, while climate variability is only slightly reduced by uncoupling surface height changes.
Meanwhile, the distinct local minimum in the LGM–PI temperature difference at around 62.5◦ N is
caused by surface-height changes, as it is only present in the runs with varying surface height.
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A quantitative measure of the influence of ice sheets on the climate is given by the ratio of global
temperature change in the fully coupled case to that in the uncoupled-ice case (Fig. 3.8b; red dots).
As can be seen, this ratio increases approximately linearly with the total ice amount present on Earth.
A linear least-squares fit through all data points with a larger than 0.5 K global temperature decrease in
the uncoupled-ice case renders a slope of 0.04. This means that global temperature change is enhanced
by 4 % per 106 km3 of ice, which is equivalent to 1 % per 0.63 m sea level. This is mainly established
by the ice-albedo feedback (Fig. 3.8bb, black dots), rather than the surface-height-temperature feedback
(orange dots). In the coupled-albedo case, the enhancement percentage is 3 % (1 % per 0.84 m s.l.e.),
while in the coupled height it is only 0.7 % per 106 km3 of ice (1 % per 3.6 m s.l.e.).
The effect of ice sheets on atmospheric temperature is mostly localised to the region where they
grow. This is depicted by a comparison of NH to global temperature change in Fig. 3.9a and b. The ratio
between the two, known as (northern) polar amplification, is approximately constant in all cases. When
ice is uncoupled, a polar amplification factor of 1.43 is deduced from a linear least-squares fit. When
ice is coupled, this factor increases by 94 % to 2.78. Coupling only the ice albedo has a larger effect
(factor of 2.29, 60 % increase) than coupling just the surface height (factor of 1.83, 28 % increase). The
ice-albedo and surface-height-temperature feedback also strengthen each other. This can be deduced
from both the enhancement of global temperature change and polar amplification. In the case of polar
amplification, the sum of their individual contributions would lead to an 88 % increase, which is ∼ 7 %
smaller than their pooled effect.

3.3.5

Relative influence of CO2 and insolation

Finally, we tested the relative contributions of CO2 (Fig. 3.10) and insolation (Fig. 3.11) by keeping one
of the variables constant in the fully coupled setup. Model runs are performed with insolation constant
at PD value, as well as at the precession maximum value of 125 kyr ago. Additionally, we carry out
three runs with constant CO2 levels of 180 ppm (full glacial value), 230 ppm (intermediate value), and
280 ppm (interglacial value).
Neither the 125 kyr ago insolation case (Fig. 3.10, black line) nor the 280 ppm CO2 case (Fig. 3.11,
orange line) exhibit inception of the Eurasian and North American ice sheets. This means that both variables show a threshold inception value. Likewise, both variables play a role in deglaciation, because
at fixed PD insolation and at fixed 180 and 230 ppm CO2 (Fig. 3.11, black and blue lines), these ice
sheets do not disappear. The importance of transient effects is demonstrated by the low sea level stand
of −40 m at PD, when PD insolation is used (Fig. 3.10, blue line). From the global temperature records
of the aforementioned cases with no NH glaciation (Fig. 3.11, orange line; Fig. 3.10, black line), it
becomes clear that the effect of CO2 is more global than the effect of insolation. Greenhouse gases
affect both hemispheres in a similar manner. In contrast, the insolation signal is dominated by precession, the effects of which are opposite for the two hemispheres. When the NH ice sheets are present,
temperature fluctuations are much larger in both the fixed CO2 and the fixed-insolation cases because
of the ice-sheet–climate feedbacks. Insolation affects ice volume both indirectly, through temperature
in the ZEBCM, and directly, through the mass balance in the ISM (Eq. 3.2). The indirect effect is more
important, as fixing only the ISM input has almost no effect (not shown). The reference sea level is
correlated more strongly to CO2 (r2 of 0.84) than to insolation (r2 of 0.35). This indicates that CO2
levels provide the envelope of sea level. Insolation changes have a damping or amplifying effect, as
well as being decisive for the timing of glacial inception. A contrasting conclusion was drawn based on
work with the LLN 2D climate model (Loutre and Berger, 2000). Using this model, glacial–interglacial
variability in good coherence with − but slightly smaller than – observations, was simulated with a
constant CO2 level of 210 (Gallée et al., 1992; Berger et al., 1998; Pépin et al., 2001), comparable to
our simulation with 230 ppm CO2 . However, keeping insolation constant at PD level and using the Vostok ice core record as forcing for CO2 , they hardly found any variability in temperature and sea level
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Figure 3.7: Modelled global temperature (top), sea level relative to PD (middle), and NH temperature
(bottom) for the fully coupled reference run (red), a run with surface height and albedo in
the ZEBCM prescribed as PD values (ice uncoupled, blue), runs with only surface-height
changes (height coupled, orange), and runs with only ice volume (albedo coupled, black)
transferred back to the ZEBCM. The missing information on albedo or surface height, or
both, is prescribed as PD values. The temperature data are from the ZEBCM, and the sea
level data from the ISM.
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b)

a
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Figure 3.8: (a) Modelled LGM–PI atmospheric temperature difference, for the same runs as in Fig. 3.7.
(b) Ratio of global temperature anomalies from the fully coupled reference run (red), the
height-coupled run (orange) and the albedo-coupled run (black) to those from the iceuncoupled run, as a function of ice volume in the (partially) coupled run. The temperature
data come from the ZEBCM, and the sea level data from the ISM.

a
)

b)

Figure 3.9: (a) Relation between NH and global temperature anomaly from PI for the fully coupled reference run (red), and the ice-uncoupled run (blue). (b) Relation of NH to global temperature
anomaly for the albedo-coupled run (black) and the height-coupled run (orange).
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(Loutre and Berger, 2000; Pépin et al., 2001). This result is very different from our fixed PD insolation
case, where considerable variability is found (Fig. 3.10, blue line). In addition, keeping CO2 high at
290 ppm did not prevent glaciation of the NH in the LLN 2-D model (Berger et al., 1998), as is the case
in our 280 ppm experiment (Fig. 3.11, orange line). These differences may be attributed to the LLN 2D
model having a small sensitivity to GHG changes (Gallée et al., 1992), due in part to ignoring non-CO2
GHGs. In this analysis, insolation and CO2 are considered as separate forcings, while in reality CO2
levels are part of the Earth system’s response to external forcings (e.g. through the chemical weathering
feedback Walker et al., 1981).

3.3.6

Discussion

By using an energy balance climate model coupled to a one-dimensional ice sheet model, we simulated
global mean sea level and a zonally averaged air temperature over the past 800 kyr. The sensitivity tests
presented in Sect. 3.3.3 show that SH temperature is largely dependent on the parameterisation of the
ocean overturning. In contrast, NH temperature and sea level are affected less and are more robust. Furthermore, the influence of non-CO2 GHGs is shown to be very important for the strength of glaciation.
They largely determine the amplitude of sea level fall during the whole simulated period. However, the
modelled temporal evolution of temperature and sea level is only affected in the period 620 to 500 kyr
ago. During this period, glaciation relies on sufficiently low NH temperatures, generated by both nonCO2 forcing and ocean overturning. Multiplying the radiative forcing of CO2 by the mean amplification
over the past 800 kyr (factor of 1.3 analysed from Köhler et al. (2010)) has to a large degree the same
impact as explicitly modelling non-CO2 GHG forcing. Finally, the sensitivity analysis shows only a minor influence of the position of the ice sheets in the ZEBCM with respect to the resulting temperature
and sea level reconstruction.
The setup in this study is chosen to ensure that the simulated global sea level is in the best possible
accordance with the Red Sea record of Rohling et al. (2009), and the modelled temperature difference
between LGM and PD agrees within uncertainty limits with the data reconstruction provided by Annan
and Hargreaves (2013). Overall, the modelled sea level is in reasonable agreement with the data, except
at around 330 to 260 kyr ago. During this period, NH glaciation is simulated much later than in the data
record. This is most likely a consequence of large hysteresis in the ISM induced by the simplified geometry. If Eurasia and North America are deglaciated entirely in the model, glacial inception on the NH
only takes place when a drop in CO2 is accompanied by a large enough drop in NH summer insolation.
This is demonstrated by separate hysteresis tests, where CO2 is decreased in steps of 10 ppm per 30 kyr
from 280 to 180 ppm and then increased in the reverse manner. Insolation is kept at constant level of 335
(high NH summer insolation), 326 (intermediate) and 325 (low) kyr ago. In the reference case (REF), it
is first decreased in steps of 1 kyr from the high to the low extreme, and then increased back to the initial
level, in phase with CO2 . An index is assigned to the input values, linearly ranging from favourable
(180 ppm CO2 (and low NH summer insolation for REF); index 0) to unfavourable (280 ppm CO2 (and
high NH summer insolation for REF); index 1) for NH glaciation. From comparison of the reference
case to the fixed-insolation cases, it is apparent that hysteresis is reduced when NH summer insolation
and CO2 are in phase (Fig. 3.12). A more realistic topography than used here would ensure that some
high parts remain glaciated (or at least glaciate much earlier) and cause a positive feedback when the
CO2 level decreases, thereby reducing the hysteresis. Due to high CO2 and summer insolation in the
NH, the Eurasian and North American ice sheets completely disappear at 334 kyr ago. During the period 334 to 280 kyr ago, NH summer insolation does not drop to low enough levels to realise inception.
This only occurs at 280 kyr ago, when the CO2 level is very low. The NH ice sheets then grow quickly
because of the low CO2 levels and the ice-sheet–climate feedbacks. Although it cannot be excluded
that the importance of radiation is overestimated in our model, it only leads to a model–data mismatch
from 334 to 280 kyr ago. Removing this period from our data analysis does not significantly alter the
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Figure 3.10: Modelled global temperature (top), sea level relative to PD (middle), and NH temperature
(bottom) for the fully coupled reference run (red), a run with insolation fixed at PD value
(blue) and a run with insolation fixed at the precession maximum of 125 kyr ago value
(black).
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Figure 3.11: Modelled global temperature (top), sea level relative to PD (middle) and NH temperature
(bottom) for the fully coupled reference run (red), a run with CO2 fixed at 180 ppm (full
glacial value, blue), a run with CO2 fixed at 230 ppm (intermediate value, black), and CO2
fixed at 280 ppm (interglacial (PI) value, orange).
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Figure 3.12: Modelled global sea level in hysteresis tests, where CO2 is decreased in steps of 10 ppm
per 30 kyr from 280 to 180 ppm and then increased in the reverse manner. Insolation is
kept at constant levels of 335 (high NH summer insolation, blue line), 326 (intermediate,
black line) and 325 (low, orange line) kyr ago. In the reference case (REF, red line), it is
first decreased in steps of 1 kyr from the high to the low extreme, and then increased back
to the initial level, in phase with CO2 . An index is assigned to the input values, linearly
ranging from favourable (180 ppm CO2 (and low NH summer insolation for REF); index
0) to unfavourable (280 ppm CO2 (and high NH summer insolation for REF); index 1) for
NH glaciation.

resulting strength of the ice-sheet–climate feedbacks (4 % per 106 km3 of ice) and polar amplification
factor (2.78), which we consider to be our most important findings.
In our model, the influence of ice on the climate is about equally large, as was obtained by
Gallée et al. (1992) with the LLN 2D model. This is judged by considering the LGM–PI temperature
difference, averaged over the whole Northern Hemisphere (0–90◦ N). By including ice-sheet–climate
interactions, this difference is enhanced by a factor of 4.3 in their model, and by an almost equal factor
of 4.5 in ours. However, in the LLN 2D model the influence is less localised to the regions where the
ice sheets grow. This may be caused by a lower ice albedo in our model (0.80 as opposed to their
0.85), but this seems unlikely because land albedo is also lower in our model, offsetting the land-ice
albedo difference. More likely, differences in atmospheric and oceanic transport play an important role.
A thorough analysis, however, is hampered because the LLN 2-D model does not include a Southern
Hemisphere. Furthermore, Gallée et al. (1992) compared runs with only varying insolation, while we
compare runs with CO2 changes also included.
As mentioned before, in our model land ice has an influence on climate through albedo and surface height. However, the complete temperature response to land ice is also determined by changing
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Table 3.1: Overview of the enhancement of global temperature anomalies induced by coupling the land
ice and/or freely calculating sea ice and snow cover in the ZEBCM, relative to the completely
fixed run where PD values are prescribed.

Run

Land ice

Sea ice, snow

Completely fixed
Slow feedbacks only
Fast feedbacks only
Coupled

fixed
coupled
fixed
coupled

fixed
fixed
free
free

Enhancement of ∆Tglob rel. to fixed
(% per 106 km3 of ice)
–
0.7
2.2
5.2

sea ice and snow cover, which are fast feedbacks. To quantify this influence we did two further runs
of the model with sea ice and snow cover kept constant: one with coupled ice sheets, and one with
land-ice cover and surface height fixed at PD levels (Table 3.1). Compared to the completely fixed run,
coupling land ice leads to an increase in global temperature anomalies by 0.7 % per 106 km3 of ice (1 %
per 3.6 m s.l.e.). Coupling only sea ice and snow (the land-ice fixed case) increases global temperature
anomalies by 2.2 % per 106 km3 of ice (1 % per 1.2 m s.l.e.). Land-ice cover is taken from the ISM output, which is not used to force the ZEBCM in this case. Therefore, the effect of including only fast ice
feedbacks is more than three times as important as the effect of including only land-ice changes. The
true importance of the land ice feedback only appears when we compare the fully coupled results to
those of the completely fixed run. The temperature anomalies are then increased by 5.2 % per 106 km3
of ice (1 % per 0.48 m s.l.e.), implying that the temperature response is more than twice as large as for
the case where only the sea-ice and snow variation are taken into account. This result is much larger
than the product of the separate effects, which is caused by positive reinforcement of the effect of land
ice, as well as sea ice and snow, on atmospheric temperature.
Our modelled polar amplification of the LGM–PI surface air temperature difference is consistent
with a recent LGM data reconstruction (Annan and Hargreaves, 2013) within the uncertainty range
provided by that study, and the results of seven models presented in the 2013 IPCC report (MassonDelmotte et al., 2013). Using a GCM, Singarayer and Valdes (2010) performed two tests on polar
amplification over the past 120 kyr. In one test, they varied insolation and CO2 but kept surface elevation and ice extent at PD levels. In the other test, insolation and CO2 were still varied but they
used the ICE 5G ice sheet reconstruction of Peltier (2004) to force their model. Both in the coupledand uncoupled-ice case, the ratio of Greenland temperature change to global temperature change corresponds to our results. In the uncoupled-ice case, our meridional LGM–PI temperature difference
distribution, normalised by global temperature change, is also in broad agreement with the results of an
ensemble of GCMs (Holland and Bitz, 2003). Although they based their distribution on the difference
induced by a doubling of CO2 with respect to PD (keeping ice sheets constant at PD size), the results
are comparable because of the normalisation. Our model shows an ∼ 2.2-fold global warming temperature difference at the North Pole; this is within the 1.5- to 4.5-fold amplification range in Holland
and Bitz (2003). The agreement with these results, obtained with more sophisticated models, provides
confidence in our resulting polar amplification factors.

3.4

Summary and conclusion

We have coupled a zonally averaged energy balance climate model (ZEBCM) to a one-dimensional
ice sheet model (ISM). The coupled model was used to obtain an 800,000-year record of meridional
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atmospheric and ocean temperature, as well as global eustatic sea level. The sea level record was tuned
to match a Red Sea sediment data reconstruction (Rohling et al., 2009) as closely as possible, with
an r2 of 0.71 and an RMSE of 31.8 m. The simulated Antarctic temperature, Greenland temperature
and deep-sea temperature are in reasonable agreement with proxy-data reconstructions. Our model
shows that NH polar temperatures are mainly determined by the waxing and waning of the Eurasian
and North American ice sheets, while the Antarctic Ice Sheet is more stable and SH climate is heavily
influenced by the strength of ocean overturning. We realise that all our results are model-specific and
only large-scale features are significant because of limitations imposed by the zonal averaging and
rather coarse resolution (5◦ ) of the ZEBCM as well as the lack of detailed physics. Furthermore, the
ISM has a highly simplified geometry and misses ice shelf dynamics. However, this study significantly
improves on earlier stand-alone ISM results, forced by an inverse δ 18 O routine (De Boer et al., 2010).
By including the ZEBCM, a more comprehensive view of global climate is acquired, as it is no longer
an anomaly with respect to the PD climate. Now, we calculate not only the meridional temperature
distribution but also more realistic deep-sea temperatures. Deep-sea temperature fluctuations are tightly
coupled to fluctuations of atmospheric temperatures in the same region, reduced approximately by
a factor of 5. Switching CO2 and insolation forcing on and off enabled us to study the relative influence
of these two variables. Atmospheric temperature on the NH is controlled by a complex interaction of
CO2 and insolation. Both variables, as well as transient effects, govern the evolution of ice sheets on the
Northern Hemisphere. By comparing the fully coupled results to results from the ZEBCM forced with
PD albedo and/or surface height, we have quantified the importance of the ice-albedo feedback and the
surface-height-temperature feedback. The combined long-term ice-sheet–climate feedback amplifies
global temperature anomalies from PI with 4 % per 106 km3 of ice (1 % per 0.63 m s.l.e.). In full glacial
conditions (∼ 40 × 106 km3 of ice), this leads to an increase in the temperature change by a factor of
2.6. Furthermore, it almost doubles polar amplification, from 1.43 to 2.78. The dominant feedback
is the ice-albedo feedback, while the surface-height-temperature feedback has only minor influence.
Compared to the results of a model run where also the fast ice feedbacks (sea ice and snow) are fixed,
the amplification factor of global temperature anomalies increases to 5.2 % per 106 km3 of ice (1 % per
0.48 m s.l.e.) in the fully coupled run. This is more than twice as large as the effect of only including
sea-ice and snow cover variation (2.2 % per 106 km3 of ice or 1 % per 1.2 m s.l.e.).
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During the past five million years, benthic δ 18 O records indicate a large range of climates, from
warmer than today during the Pliocene Warm Period to considerably colder during glacials. Antarctic
ice cores have revealed Pleistocene glacial-interglacial CO2 variability of 60-100 ppm, while sea level
fluctuations of typically 125 m are documented by proxy data. However, in the pre-ice core period, CO2
and sea level proxy data are scarce and there is disagreement between different proxies and different
records of the same proxy. This hampers comprehensive understanding of the long-term relations between CO2 , sea level and climate. In this Chapter, we drive a coupled climate-ice sheet model over
the past five million years, inversely forced by a stacked benthic δ 18 O record. We obtain continuous
simulations of benthic δ 18 O, sea level and CO2 that are mutually consistent. Our model shows CO2
concentrations of 300 to 470 ppm during the Early Pliocene. Furthermore, we simulate strong CO2
variability during the Pliocene and Early Pleistocene. These features are broadly supported by existing
and new δ 11 B-based proxy CO2 data, but less by alkenone-based records. The simulated concentrations and variations therein are larger than expected from global mean temperature changes. Our
findings thus suggest a smaller Earth System Sensitivity than previously thought. This is explained by
a more restricted role of land ice variability in the Pliocene. The largest uncertainty in our simulation
arises from the mass balance formulation of East Antarctica, which governs the variability in sea level,
but only modestly affects the modeled CO2 concentrations.

4.1

Introduction

The long-term interactions between CO2 , temperature and sea level are a topical issue in climate science. Recently, there have been a number of attempts to quantify these interactions by studying data
from paleo archives. For instance, CO2 data of Antarctic ice cores and sea level reconstructions from
Red Sea sedimentary archives show a close linear correlation over the past 516 ka (Foster and Rohling,
2013). However, an analysis of sea level and temperature records spanning the Cenozoic has indicated
a non-linear relation between these variables (Gasson et al., 2012). In the pre-ice core period, CO2
and sea level data remain scarce. Moreover, uncertainties in CO2 reconstructions are large and there
is inter-proxy as well as intra-proxy disagreement (Masson-Delmotte et al., 2013; Beerling and Royer,
2011). This limits either the scope or the skill of such reconciling studies.
Benthic forameniferal δ 18 O records currently provide a more continuous and abundant data source
on multi-million year timescales (Lisiecki and Raymo, 2005; Zachos et al., 2008). A complicating
factor, however, is the interpretation of benthic δ 18 O, because it comprises both an ice volume and
a deep-sea temperature component. To untangle their relative contributions, two different approaches
have been applied so far, namely (1) the use of independent deep-sea temperature proxies such as Mg/Ca
of foraminiferal tests, and (2) ice-sheet modeling.
In this Chapter, we expand on the model-based approach to deconvolute the δ 18 O signal into temperature and sea level, including the simulation of CO2 . We use an inverse routine to iteratively calculate
CO2 concentrations over the past five million years from benthic δ 18 O. The CO2 is used to drive a coupled ice sheet-climate model (Chapter 2), which now contains a scheme to calculate benthic δ 18 O. In
Chapter 3, this coupled model has been shown to be capable of reproducing glacial-interglacial cycles
of ice volume and temperature over the past 800 kyr in forward mode, using CO2 from ice cores as input (EPICA community members, 2004). We now force the model inversely by a stacked benthic δ 18 O
record (Lisiecki and Raymo, 2005), which enables us to study ice sheet-climate interactions in a broader
range of climates. This new integrated approach improves upon earlier studies using an inverse benthic
δ 18 O routine (Bintanja and Van de Wal, 2008; De Boer et al., 2010, 2014a) by including a climate
model in the coupled setup. It therefore facilitates a better representation of the deep-ocean temperature, as well as the simulation of seasonally-varying meridional-temperature profiles, rather than annual
mean and globally uniform temperature perturbations with respect to pre-industrial climate. Moreover,
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in these earlier studies information on CO2 was lacking. Taking a hybrid model-data approach, Van de
Wal et al. (2011) obtained a continuous CO2 reconstruction from a log-linear fit between modeled temperature and proxy CO2 data. Here, however, CO2 is incorporated in the model as a prognostic variable.
Therefore, the simulated CO2 is mutually consistent with eustatic (ice volume equivalent) sea level, and
with monthly mean atmospheric and oceanic temperatures, as deduced from benthic δ 18 O. This improves our understanding of the role of CO2 in climate variability.
We interpret our simulated CO2 by studying the long-term relation between CO2 and global surface
air temperature in our model, known as Earth System Sensitivity (ESS), which is affected by the interaction between ice sheets and climate. In addition, we test the sensitivity of our CO2 simulation to the
modeled strength of the meridional ocean overturning, as well as to the formulation of the mass balance
of East Antarctica and the relation between deep-sea temperature and δ 18 O. Finally, we compare our
simulated CO2 to existing CO2 proxy data (Hönisch et al., 2009; Seki et al., 2010; Bartoli et al., 2011;
Martı́nez-Botı́ et al., 2015b; Pagani et al., 2010; Zhang et al., 2013; Badger et al., 2013), complemented
by a new δ 11 B-based record.

4.2
4.2.1

Model and methods
Coupled ice-sheet-climate model

In this Chapter, we use a coupled ice sheet-climate model in inverse mode as described in Sect. 2.2. The
climate component in this coupled setup is represented by a zonally averaged energy balance climate
model, developed by Bintanja (1997) based on the model of North (1975). The cimate model calculates
surface temperature in zonal belts of 5◦ latitudinal and one layer vertical resolution, forced by 1000-yr
resolution insolation (Laskar et al., 2004). It uses a radiative transfer scheme and parameterises energy
transfer from the equator towards the poles as a diffusive process. Surface albedo is determined by the
subdivision of the land surface into (potentially snow covered) grass, forest and land ice. A zonally
averaged ocean component of 5◦ resolution with 6 vertical layers, including a 1.25◦ thermodynamical
sea-ice routine, is used to simulate the large-scale meridional ocean overturning. The ocean overturning
strength is variable depending on the temperature difference between the polar and equatorial waters
(Stap et al., 2014). The sensitivity of the coupled model to this formulation will be tested in Sect. 4.3.2.
The ice sheet model, described in detail in De Boer et al. (2010), obtains ice velocities from the commonly used Shallow Ice Approximation (SIA). It calculates ice volume and surface height change of the
five hypothetical axisymmetrical continents where the major ice sheets grow (North America (NaIS),
Eurasia (EuIS), Greenland (GrIS), East-Antarctica (EAIS) and West-Antarctica (WAIS)), including the
height-mass-balance feedback. The continents are located at different latitudes and initially they are
cone-shaped. Their different centre heights and slopes determine the maximum size and sensitivity to
temperature of the ice sheets. The mass balance routine is forced by monthly temperatures (T ) from the
latitude in the climate model where the ice sheets are located (Table 2.3). An insolation-temperature
melt equation is used to calculate ablation on the different ice sheets:
M = [10T + 0.513(1 − α)Q +Cabl ]/100.

(4.1)

Here, α is surface albedo, and Q local radiation obtained from Laskar et al. (2004). Ice-sheet dependent
tuning factors Cabl determine the threshold for which ablation starts. In Sect. 4.3.2 we will test the
sensitivity of the model to the Cabl value of East Antarctica. All free parameter values (centre height,
slope, P0 , Rc and Cabl ) for the ice sheets are listed in Table 2.2. In Chapter 2, the tuning targets are
discussed. The climate model receives the ice volume and surface height change (∆hs ) information
from the ice sheet model. This is translated into ice extent, affecting the surface albedo, and surface
height at the latitudes where the ice sheets are assumed to be located (Table 2.3). The ice sheet and
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climate model exchange variables every 500 model years (Fig. 2.2).
The ice sheet model includes a parameterisation of benthic δ 18 O values (De Boer et al., 2010) using
the following equation:
"
#
δ 18 OiVi
δ 18 OiVi
18
18
δ O = [δ Ob ]PD −
+
+ γ∆To .
(4.2)
Vo
Vo
PD

The first term on the right hand side is the observed present-day value of benthic δ 18 O. The influence
of the ice sheets on the signal is represented by the second and third term. Here, Vo and Vi are volume
of the ocean and land ice respectively. The isotopic content of the ice sheets is calculated as a function
of ice sheet height and surface temperature (Eq. 2.8). The final term on the right hand side of Eq.4.2
quantifies the influence of deep-sea temperature change with respect to present day (∆To ). Gain factor
γ is set to 0.28 hK−1 , taken from a paleotemperature equation (Duplessy et al., 2002). We assess the
sensitivity of the model to this value in Sect. 4.3.2.
We use an inverse forward modeling approach to calculate CO2 from benthic δ 18 O data. This is
achieved by a two-step iterative routine. Each 1000-year cycle starts with an update of the insolation
input. At this first iteration step, a new CO2 concentration is obtained from the difference between the
modeled benthic δ 18 O value and the observed value 500 years later:
CO2 = CO2 ∗ exp[c ∗ {δ 18 O(t) − δ 18 Oobs (t + 0.5kyr)}].

(4.3)

The coupled model is run for 500 model years. Thereafter, as a second iteration step Eq. 4.3 is applied
again. The model is then run for another 500 years, using the updated CO2 , but still forced by the same
insolation. While in principle this yields 500 year-resolution CO2 , only the results after the second
iteration step are recorded and displayed in this paper. The temporal resolution of the simulated CO2 is
therefore 1000 years. In this Chapter, we use the stacked record of Lisiecki and Raymo (2005)[LR04]
for the observed δ 18 O (δ 18 Oobs ), linearly interpolated with a 5-kyr running average to 100-year resolution and smoothed over six data points. In Eq. 4.3, CO2 is the mean CO2 concentration of the preceding
15 kyr, which reflects the long-term timescale of the carbon cycle. Together with parameter c, which
is set to 0.45h−1 , it determines the strength of the response of CO2 to changes in δ 18 O. The tuning
of CO2 and c is discussed in Sect. 2.2.2. The value chosen for c results in the best fit of our modeled
δ 18 O to LR04, with a RMSE of 0.16h(r2 =0.95). Also when only considering the Pliocene (5 to 2.6
Myr ago), a different value for c does not lead to a better agreement with LR04.

4.2.2

Boron isotope data

Most atmospheric CO2 proxies suffer from large uncertainties, but the foraminiferal boron isotope based estimates are promising, since they show a good agreement with ice-core data during
the Pleistocene (Hönisch et al., 2009). The δ 11 B of surface dwelling planktic foraminifera is a
function of seawater pH, which is in turn related to the CO2 concentration in the mixed layer.
We provide some new Plio-Pleistocene foraminiferal (G.sacculifer) δ 11 B data (available online at
https://doi.pangaea.de/10.1594/PANGAEA.859092). Our new dataset has a relatively low temporal
resolution (on average 250 kyr), but covers a long period from 6.35 until 0.54 Myrs ago and thereby a
+46
wide range of CO2 from 152+10
−9 to 507−41 ppm.

Sample locations
Ocean Drilling Program (ODP) Site 1264 (28.53◦ S; 2.85◦ E, 2505 m water depth) is located on the
central Walvis Ridge in the eastern sector of the South Atlantic subtropical Gyre. ODP Site 1264 is part
of a depth transect along the shallow sloping northern flank of Walvis Ridge (Shipboard Scientific Party,
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Figure 4.1: Planktic foraminiferal boron isotope based pCO2 reconstructions from IODP Site 1264 (red
dots) and the benthic foraminiferal oxygen isotope record of Site 1264 (grey line, Bell et al.
(2014)).
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Figure 4.2: Planktic foraminiferal δ 11 B with analytical error bars versus foraminiferal shell weight
measured after cleaning. No correlation between shell weight and δ 11 B values suggests
that the picked foraminifer shells used for δ 11 B analysis are unlikely to be biased by dissolution.

2004), which forms a prominent topographic feature within the Southeast Atlantic Ocean, separating
the Angola Basin to the north and the Cape Basin to the south. Preservation of planktic foraminifera in
the Plio-Pleistocene sections of Site 1264 is generally good. The age model (Bell et al., 2014) is based
on tuning the benthic oxygen isotope record to the LR04 stack (Lisiecki and Raymo, 2005) (Fig. 4.1).
Today, the surface ocean CO2 is in equilibrium with the atmosphere.

Analytical methodology
Roughly 50-90 G.sacculifer tests (∼20 mg per individual sample) were hand-picked from the 250355 mm size fraction. In contrast to previous studies (Hönisch et al., 2009; Bartoli et al., 2011), a
smaller size fraction had to be used since the sediments generally lacked sufficient numbers of large G.
sacculifers. It has been suggested that smaller specimen of G. sacculifer are susceptible to carbonate
dissolution. However, the picked average size, normalized with the weight of the shells of the samples
shows no large changes over the record, indicating that dissolution is not biasing the record (Fig. 4.2).
The tests were crushed between glass plates and cleaned following the protocol of Barker et al. (2003).
Cleaned samples were subsequently dissolved in 2N HCL to yield sample solutions with approximately
1 ng of B/ml. Five to eight aliquots of 1 ml solution with 1 ml of boron-free seawater were loaded
onto rhenium filaments. Analysis was performed on a Thermal Ionization Mass Spectrometer (Thermo
Scientific TRITON) at Lamont Doherty Earth Observatory. Ionization temperature was between 980
and 1020 ◦ C. Samples that showed isotopic fraction exceeding 1h over the acquisition time (∼30
minutes) were excluded. The data are standardized against the SRM NIST 951 boric acid standard.
All reported δ 11 B values are based on at least three measurements. Standard errors reported are two
internal errors of an in-house consistency standard or two internal errors of repeat analyses of individual
sample solutions, if that was larger than the external reproducibility. Two standard errors (2 s.e.) range
between 0.28 and 0.7h and average 0.33h.
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Determination of pH from δ 11 B of G.sacculifer
Boron isotope ratios in planktic foraminifera tests are a function of seawater pH. The relative abundance and isotopic composition of the two main dissolved boron species in seawater (borate and boric
acid) changes with pH. Since marine carbonates preferentially incorporate the species borate, the boron
isotope composition of the carbonate also changes with seawater pH. With a second parameter of the
carbonate system (e.g. total alkalinity or carbonate ion concentration), atmospheric pCOatm
2 can be inferred from the pH values.
Ocean pH can be calculated from the δ 11 B of the borate as follows:
h
i
pH = pKB − log −(δ 11 Bsw − δ 11 BBorate )/(δ 11 Bsw − δ 11 BBorate (11,10 KB − 1) ,
(4.4)
where pKB is the equilibrium constant for the boric acid/borate system for a given temperature and
salinity, δ 11 Bsw is the isotopic composition of seawater (39.61h; Foster et al. (2010)), δ 11 BBorate is
the isotopic composition of the borate ion and KB is the isotopic fractionation between the two aqueous
species of boron in seawater (1.0272±0.0006) (Klochko et al., 2006).
G. ruber Mg/Ca based SSTs for Site 1264 show no apparent trend over the past 5 Myr (Dekens
et al., 2012). The reconstructed SSTs for the area in our climate model show a slight cooling trend over
the Plio-Pleistocene (around 0.3◦ C cooling per 1 Myr). We apply these temperatures estimates and a
constant salinity of 36 psu in our calculations. We note that these variables have a minor affect on the
calculated pH and pCO2 (∼30ppm for a ±3◦ C change; ±∼10ppm for a ±3h salinity change).
We account for small long-term changes in the boron isotopic composition of seawater (δ 11 Bsw )
by using a linear extrapolation between modern δ 11 B (39.61h, Foster et al. (2010)) and the δ 11 Bsw
determined by Foster et al. (2010) for the middle Miocene (12.72 Myr ago, δ 11 Bsw = 37.8h). This
approach is consistent with Martı́nez-Botı́ et al. (2015b).
In order to calculate pH using the equation above, the δ 11 B value of the foraminifera has to be
corrected for size fraction effect (-2.25h, Hönisch and Hemming (2004)), and further corrected for
a species-specific difference between the δ 11 BBorate in ambient seawater and the δ 11 BCalcite of the
foraminiferal tests. We use an empirical equation for G.sacculifer of Martı́nez-Botı́ et al. (2015a):
δ 11 BBorate = (δ 11 BCalcite − 3.6)/0.834.

(4.5)

The empirical calibration of Martı́nez-Botı́ et al. (2015a) is based on δ 11 B datasets, combining results
from MC-ICP-MS with N-TIMS data that were corrected for an analytical offset of 3.32h. This offset
between the two techniques can however not generally be applied. It has been demonstrated that the
instrumental offset is matrix dependent (Foster et al., 2013) and can even vary for different foraminifera
species (Hönisch et al., 2009). Here, we apply a correction offset of 0.9h, which is the average offset for foraminifera samples between measurements on the LDEO N-TIMS and the BIG MC-ICP-MS
(Foster et al., 2013). The uncertainty in instrument specific offsets and the impact of matrix effects
are certainly a major issue in the boron isotope analysis of marine carbonates that needs further investigation. However, it has also been demonstrated that relative differences in δ 11 B in a sample set
of a given matrix can be reconstructed regardless of the applied measurement technique (Foster et al.,
2013). Using the corrections above we derive reasonable pH estimates from the Site 1264 samples for
the well-constrained Pleistocene part. The uncertainty in pH is dominated by the uncertainty in the
δ 11 B measurement and is on the order of ±0.04 pH units.
11
Determination of pCOatm
2 from δ B-derived pH

To estimate atmospheric pCO2 , a second parameter of the carbonate system is needed. Seki et al. (2010)
have compared two different approaches. They reconstructed pCO2 from modeled [CO2−
3 ] (Tyrrell
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and Zeebe, 2004) as well as assuming constant total alkalinity varying with only up to ±5%. The
comparison between these approaches demonstrates that estimated pCO2 is relatively insensitive to the
second carbonate system parameter and is largely dependent on the recorded pH change as determined
by δ 11 B values. For our calculation we assume a constant total alkalinity of 2300 mmol/kg sea water.
The uncertainty in the pCO2 estimates in largely dominated by the analytical uncertainty in δ 11 B.
Taking into account additional uncertainties in estimated salinity, sea surface temperature and carbonate
ion concentration we estimate the uncertainty in the reconstructed pCO2 on the order of ±70 ppm in
line with earlier studies (Bartoli et al., 2011).

4.3
4.3.1

Results and discussion
Five-million-year simulation

Our simulated global mean temperatures during glacials are typically 4 to 5 K below the pre-industrial
average (PI), which is consistent with a data reconstruction of the Last Glacial Maximum (Annan and
Hargreaves, 2013). In addition, modeled sea-level variability over the past five glacial cycles of 80 to
125 m is in broad agreement with data records (e.g. Grant et al., 2014; Austermann et al., 2013). The
modeled CO2 , sea level and global mean temperature records all show decreasing long-term trends
over the past 5 Myr, while benthic δ 18 O values gradually increase (Fig. 4.3). During the early Pliocene
(5 to 3.3 Myr ago), global mean temperature is up to 1.7 K higher than PI, slightly lower than the 1.8
to 3.6 K range calculated by the PlioMIP GCM ensemble (Haywood et al., 2013). Our simulation
shows CO2 concentrations of 300 up to 470 ppm during this period (Fig. 4.4, red line). These levels
are considerably higher than found in an earlier reconstruction by Van de Wal et al. (2011) (Fig. 4.4,
[W11] cyan line). In addition, our Pliocene CO2 exhibits much larger shorter-term variability than
this hybrid model-data reconstruction. From the beginning of the Pleistocene (2.5 Myr ago) onwards,
the long-term averages of both records nearly coincide. They show a similarly weakly declining trend
over the Mid-Pleistocene Transition (1.5 to 0.7 Myr ago), when power in the δ 18 O spectrum shifts
from 41 kyr to 100 kyr (Lisiecki and Raymo, 2005; Zachos et al., 2008; Bintanja and Van de Wal,
2008). Conversely, the higher variability in our simulation continues longer, lasting until the end of
the Mid-Pleistocene Transition (0.8 Myr ago). Most prominently, our simulation shows more fiercely
falling CO2 levels during the M2 δ 18 O excursion 3.3 Myr ago (415 to 200 ppm) and during the onset
of periodic Northern Hemispheric glaciation 2.7 Myr ago (400 to 180 ppm).
The reconstruction by Van de Wal et al. (2011) used the Northern Hemispheric temperature record
of De Boer et al. (2010), which was obtained using an inverse routine forcing the ice sheet model in
stand-alone form without climate model. They inferred a constant log-linear relation between this
record and several CO2 proxy data records. We now include a climate model in the setup and derive
CO2 as a prognostic variable (Fig. , dashed blue line). Therefore, Earth System Sensitivity (ESS)
is not a priori fixed in our model (Fig. 4.5). Instead, it is primarily influenced by ice sheet-climate
interactions, which we capture in our coupled setup. During the Pliocene, our simulated CO2 levels
are very variable and show a clear decreasing trend over time (Fig. 4.3). Meanwhile, ice-volume
equivalent sea level is far less variable; its long-term average remains virtually constant, slightly
above its present-day value. During this time, in our model the climate is not cold enough for large
scale glaciation of the Northern Hemisphere. At the same time, the Antarctic ice sheet has already
reached its carrying capacity, the ice sheet size that the continent can maximally sustain (De Boer
et al., 2010; Foster and Rohling, 2013). The CO2 concentrations thus vary between the thresholds for
initiation of Northern and Southern Hemispheric glaciation. Through the albedo-temperature feedback,
ice volume variability amplifies temperature perturbations, particularly in polar regions (Chapter 3,
Masson-Delmotte et al. (2013)). Therefore, a reduction of ice volume variability during the Pliocene
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Figure 4.3: Five-million-year time series of benthic δ 18 O, CO2 , sea level and global temperature. (A)
Simulated benthic δ 18 O (green), (B) simulated CO2 (red), with error margins based on simulations with increased Antarctic ablation (ABL) and fixed pre-industrial ocean overturning
strength (OT) described in Sect. 4.3.2, (C) simulated sea level in meters above present day
(blue), (D) simulated global mean temperature anomaly with respect to PI (Tglob ; grey).
Black lines represent 400-kyr running averages. Highlighted in yellow are the Late Pliocene
period 3.5 to 2.5 Myr ago and the Mid-Pleistocene Transition (MPT; 1.5 to 0.7 Myr ago)
discussed in the main text.
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Figure 4.4: Simulated CO2 concentrations. The red line shows our simulated CO2 record over the past
five million years. To compare, the hybrid model-data reconstruction of Van de Wal et al.
(2011) is shown (cyan line). Dashed lines represent 400-kyr running averages.

Figure 4.5: Relation between global temperature anomalies and CO2 . The relation between logarithmic
CO2 and global temperature perturbations with respect to their pre-industrial (PI) values
(280 ppm and 287.7 K respectively) is clearly non-linear in our model.
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requires larger changes in CO2 levels to obtain the same temperature fluctuations (Fig. 4.5). This
implies that ESS is lower during the Pliocene than during the Pleistocene and Holocene in our model,
whereas the constant relation between CO2 and temperature in the record of Van de Wal et al. (2011)
connotes the same ESS during these periods. The reduced ESS leads to higher simulated Pliocene
CO2 levels and larger CO2 variability compared to Van de Wal et al. (2011), as well as compared to
Hansen et al. (2013) who used a conceptual δ 18 O-based climate model and did not take ice-sheet
physics explicitly into account. A result similar to ours was obtained by Lunt et al. (2010), who found
a reduction of ESS in warmer-than-PI climates (400 ppm CO2 ) compared to colder-than-PI climates.
We note that in our model the radiative forcing of CO2 is enhanced by a factor 1.3 to account for
non-CO2 greenhouse gases (GHGs). This factor gives accurate results for the ice-core period (Stap
et al., 2014), but an increase or decrease in the relative contribution of non-CO2 is indeterminable in
our model. Such a shift would need a compensating opposite change in CO2 .

4.3.2

Sensitivity analysis

Influence of stability East Antarctica
In our reference experiment, we simulate a very stable Pliocene Antarctic ice sheet, leading to small
variability in sea level. This is in agreement with earlier modelling studies (Huybrechts, 1993; Pollard
and DeConto, 2009; De Boer et al., 2014a) as well as some data studies (Denton et al., 1993). However,
there are also other data suggesting that sea level was more variable during this time (Masson-Delmotte
et al., 2013; Miller et al., 2012; Rohling et al., 2014; Cook et al., 2013). In a sensitivity experiment
(ABL), we lower (in absolute sense) the ablation threshold parameter Cabl (Eq. 2) for the East Antarctic
ice sheet from -30 to -5 during the entire run. This altered value leads to ablation starting at lower
temperatures and hence to a decreased glaciation threshold in our model. The initial tuning target of
Antarctic glaciation starting at around 750 ppm CO2 (see Sect. 2.1.2) is thus compromised. However,
this glaciation threshold is debated and it is suggested to be model-dependent (Hansen et al., 2013;
Gasson et al., 2014).
In the ABL run, there is still very little surface melt on East Antarctica during the past 2.7 Myr.
Therefore, modeled sea level remains approximately the same as in our reference simulation. Conversely, during the Pliocene sea level now varies between 5 m below and 30 m above present; it reaches
up to +20 m during the Late Pliocene (Fig. 4.6A, black line). This corresponds better to a recent multimethod proxy data reconstruction of peak sea-level height (Miller et al., 2012) than our reference-run
sea level (Fig. 4.6, red line). However, continuous high sea level, such as reconstructed by Rohling et al.
(2014) (Fig. 4.6A, [R14], green line), cannot be reconciled with the δ 18 O input by our model.
As a consequence of the increased amount of ice volume variability during this time leading to a
strengthening of the albedo-temperature feedback, we expect to find lower Pliocene CO2 levels. Indeed, Pliocene CO2 levels are reduced with respect to our reference (Fig. 4.6B). The difference is at
most 70 ppm, but the average decrease over the period 5 to 2.7 Myr ago is only 28.5 ppm. The effect is
relatively limited because, in our model, the grassland vegetation that replaces the retreated ice remains
snow-covered throughout most of the year. The surface albedo reduction, which is the dominant effect
of land ice on climate (Chapter 3), is therefore small on the Antarctic continent. Hence, even if sea
level variability is increased during the Pliocene, CO2 concentrations remain significantly higher than
reconstructed by Van de Wal et al. (2011). Alternatively, if EAIS variations are driven by marine-based
instabilities as suggested by Pollard et al. (2015), the effect may be different, as this would not leave
ice-free land when the EAIS retreats but rather open or sea-ice-covered ocean. Our one-dimensional
SIA-based ice sheet model cannot reproduce such effects.
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Figure 4.6: Simulated sea level and CO2 concentrations. Modeled sea level over the Late Pliocene period 3.5 to 2.5 Myr ago and (B-D) modeled CO2 over the past five million years. In red,
our reference simulation; in black, simulations with increased Antarctic ablation (ABL),
fixed pre-industrial ocean overturning strength (OT), and a smaller influence of deep-sea
temperature on benthic δ 18 O (GAM). The green line in panel (A) shows the sea level reconstruction of Rohling et al. (2014)[R14], interpolated to 100-year resolution. The blue
triangles (Miller) in panel (A) represent a multi-method proxy data reconstruction of peak
sea level (Miller et al., 2012), with error bars as indicated by that study. The thick dashed
lines in panel (B-D) represent 400-kyr running averages.
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Influence of ocean overturning strength
In our reference run, the strength of the meridional ocean overturning is determined by the difference in
temperature between polar and equatorial waters. To test the influence of this formulation, we conduct
a separate run of the model where we keep overturning fixed at pre-industrial strength (run OT). In a
similar way, in Chapter 3 we inferred only little influence of the overturning strength on simulated temperature and ice volume during the past 800 thousand years. During the Pleistocene and Holocene (2.5
Myrs ago to PD), the effect of fixing the strength on modeled CO2 is indeed also limited (Fig. 4.6C). The
simulated CO2 in OT is on average 4.3 ppm higher than in the reference run. During the Pliocene (5 to
2.5 Myrs ago), this difference increases to 19 ppm. In run OT, overturning strength no longer increases
when the climate warms, as it does in the reference experiment. The consequent weaker downwelling
leads to cooler deep-ocean temperatures. As compensation, higher CO2 is simulated. The maximum
difference between the long-term (400 kyr) running averages of both simulations is 33 ppm, and occurs
during the early Pliocene. We conclude that the effect of increased ocean overturning strength on simulated CO2 becomes important during climates significantly warmer than pre-industrial in our model.
Moreover, the M2 δ 18 O excursion 3.3 Myr ago is not fully captured in run OT (not shown), marking
the importance of variable meridional ocean overturning during this event.
Although ocean circulation is allowed to change, our model is forced only by insolation and CO2 .
Independent changes in ocean circulation, for instance resulting from tectonic movement, are not incorporated. Furthermore, we do not take into account any vegetation changes. However, Foster and
Rohling (2013) found that these processes only play a secondary role in long-term climate change over
our simulated period.

Influence of relation between deep-sea temperature and δ 18 O
The parameter γ (Eq. 4.2), relating deep-sea-temperature to benthic δ 18 O, may be debated. Therefore,
it is a factor of model uncertainty. In our reference run it is taken from a paleotemperature equation
(Duplessy et al., 2002): 0.28h K−1 . However, Marchitto et al. (2014) suggested a lower value of
0.22h K−1 . We implement this lower value for γ in run GAM. In this run, larger changes in CO2 with
respect to PI have to compensate the decreased effect of deep-sea temperature on δ 18 O (Fig. 4.6D).
Indeed, the CO2 we simulate during the Pliocene is generally higher than our reference experiment (on
average 8.4 ppm), and lower during the Pleistocene and Holocene (7.4 ppm). The long-term averages
differ maximally 23.4 ppm. The model uncertainty imposed by the precise calculation of benthic δ 18 O
is therefore modest.

4.3.3

Comparison with existing and new proxy data

New foraminiferal boron isotope based CO2 data is derived from Integrated Ocean Drilling Program
(IODP) Site 1264 on the Walvis Ridge in the South Atlantic subtropical gyre (Sect. 4.2.2). This data
is shown is Fig. 4.7. We compare our model results to a compilation of CO2 records obtained from
alkenones (Fig. 4.8A), and from foraminiferal δ 11 B including this new data (Fig. 4.8B).
Over the past two million years, the model results, as well as the new data, are largely consistent
with Hönisch et al. (2009) and Seki et al. (2010). Although the RMSE of our simulation with respect to
Hönisch et al. (2009) (43.6 ppm) is larger than the RMSE of Van de Wal et al. (2011) (26.4 ppm), the
increased variability in our simulation during this time, demonstrated by standard deviation (SD) of 33.8
ppm to 20.2 ppm in Van de Wal et al. (2011), agrees better with Hönisch et al. (2009) (SD=38.9 ppm).
However, the simulation varies with a larger frequency than is reconstructed by the data. Therefore,
model-data comparison would benefit from a more extensive data record. The high CO2 levels in the
alkenone-based records of Zhang et al. (2013) and Pagani et al. (2010) are not supported by our model.
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Figure 4.7: New CO2 data. New proxy-CO2 data based on foraminiferal δ 11 B, derived from Integrated
Ocean Drilling Program (IODP) Site 1264 on the Walvis Ridge in the South Atlantic subtropical gyre.

In the Late Pliocene period (3.5 to 2.5 Myr ago), our modeled CO2 variability agrees more with the
record of Martı́nez-Botı́ et al. (2015b), than with the stable CO2 concentrations shown by Badger et al.
(2013) (Fig. 4.9). However, the RMSE (76.2 ppm) and model bias (-46.1 ppm) with respect to Martı́nezBotı́ et al. (2015b) are quite high, albeit smaller than those of Van de Wal et al. (2011) (RMSE=87.1
ppm, bias=-73.1 ppm). The large simulated drop in CO2 around 2.75 Myr ago is supported by the
records of Martı́nez-Botı́ et al. (2015b) and Bartoli et al. (2011). Conversely, we do not model high
CO2 values around 2.9 Myr ago, where the boron-isotope based records, as well as Pagani et al. (2010),
agree upon. This most likely signifies a discrepancy between the benthic δ 18 O record and the proxy
CO2 data.
Proxy CO2 data are particularly scarce before 3.5 million years ago. Therefore, it is difficult to
evaluate the reduced CO2 variability in our simulation with respect to the Late Pliocene and Pleistocene.
However, our higher CO2 values than Van de Wal et al. (2011) seem to agree more favourably with the
boron-isotope based records, including the new data, then with the alkenone-based record of Pagani
et al. (2010).

4.4

Summary and conclusions

We have presented a continuous simulation of CO2 over the past five million years. It is obtained
using a coupled ice-sheet climate model, forced inversely by a stacked benthic δ 18 O record (Lisiecki
and Raymo, 2005). Therefore, the simulated CO2 is in mutual agreement with modeled benthic δ 18 O,
global sea level and temperature. As such, the records capture our understanding of the interaction
between CO2 , sea level and the climate.
Our results clearly show that the relation between CO2 and global temperature that holds over the
ice-core period cannot be extended into the Pliocene. During this time, a weakening of the albedotemperature feedback with the absence of large Northern Hemisphere ice sheets reduces Earth System
Sensitivity (ESS). Our resuls show more variable and generally higher CO2 values during the Pliocene
than an earlier study that hypothesised constant ESS (Van de Wal et al., 2011).
The model results are modestly affected by the ocean overturning strength, as well as by the amplitude of the deep-sea temperature effect on benthic δ 18 O. Compared to the reference run, decreased
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A) alkenone-based data

B) boron-isotope-based data

Figure 4.8: CO2 model-data comparison. The red line shows our simulated CO2 record. The cyan line
shows the hybrid model-data reconstruction of Van de Wal et al. (2011) [W11]. The black
dots indicate our new δ 11 B-based data, with error bars based on the standard deviation of
repeated measurements. (A) Comparison with alkenone-based CO2 data. Symbols indicate
alkenone-based proxy CO2 data (Zhang et al. (2013), orange triangles; Seki et al. (2010),
lightgreen asterisks; Badger et al. (2013), blue plusses; Pagani et al. (2010), darkgreen
crosses), with different error bars as indicated by these studies. (B) Comparison with boronisotope-based CO2 data. Symbols indicate previously published δ 11 B-based proxy CO2
data (Martı́nez-Botı́ et al. (2015b), orange triangles; Seki et al. (2010), lightgreen asterisks;
Bartoli et al. (2011), blue plusses; Hönisch et al. (2009), darkgreen crosses), with different
error bars as indicated by these studies.
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Figure 4.9: CO2 model-data comparison. Zoom-in on the Late Pliocene period 3.5 to 2.5 Myr ago,
showing the data records with the highest resolution: Martı́nez-Botı́ et al. (2015b) (orange
triangles), and Badger et al. (2013), blue plusses. The red line shows our simulated CO2
record. The cyan line shows the hybrid model-data reconstruction of Van de Wal et al.
(2011) [W11].
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strength of the overturning, as well as a weaker influence of deep-sea temperature, lead to smaller
changes in benthic δ 18 O at the same CO2 concentrations. Hence, the simulated changes in CO2 are
larger.
In our reference simulation, the East Antarctic ice sheet (EAIS) is very stable during the Pliocene.
When the ablation on the EAIS is increased, it is more dynamic, and consequently the Pliocene sea
level is more variable. Peak sea level is then in better agreement with the multi-proxy synthesis of
Miller et al. (2012). The increased sea level variability affects the simulated CO2 , but only to a relatively minor extent. This is explained by the ice-free land remaining snow-covered throughout most of
the year, resulting in relatively small changes of the surface albedo.
Our simulated CO2 is in broad agreement with existing and new δ 11 B-based proxy-CO2 data. Although RMSE and model bias remain large, these records are generally more in line with the modeled
variability during the Late Pliocene and Early Pleistocene than alkenone-based CO2 records. They also
agree more with the higher CO2 simulated during the Early Pliocene. This means that the CO2 concentrations obtained from the δ 11 B proxy are more easily reconcilable with the benthic δ 18 O record.
For higher-than-PI levels of CO2 , the reconstruction of Van de Wal et al. (2011) is predominantly
determined by seemingly low CO2 values (400-500 ppm) documented by proxy data during the Middle
Miocene. We attain these values already during the Pliocene, when benthic δ 18 O is higher. Benthic
δ 18 O is approximately equally low during the Middle Miocene as during the Late Eocene, when much
larger CO2 concentrations are reconstructed by the same proxies. In the next Chapter, we will extent
our simulation further back in time and investigate this apparent conundrum.
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Knowledge on climate change during the Cenozoic largely stems from benthic δ 18 O records, which
document combined effects of deep-sea temperature and ice volume. Information on CO2 is expanding,
but remains uncertain and intermittent. Attempts to reconcile δ 18 O, sea level and CO2 by studying
proxy data suffer from paucity of data and apparent inconsistencies among different records. One outstanding issue is the difference suggested by proxy CO2 data between the Eocene-Oligocene boundary
(EOT) and the Middle-Miocene Climatic Optimum (MMCO), while similar levels of δ 18 O are shown
during these times. This conundrum implies changing relations between δ 18 O, CO2 and temperature
over time. In this Chapter, we use a coupled climate ice-sheet model, forced by two different benthic
δ 18 O records, to obtain continuous and mutually consistent records of δ 18 O, CO2 , temperature and
sea level over the period 38 to 10 Myr ago. We show that the different CO2 levels between the EOT
and MMCO can neither be explained by the standard configuration of our model, nor by altering the
uncertain ablation parametrization on the East Antarctic ice sheet. However, we offer an explanation
for the MMCO-EOT conundrum by considering erosion and/or tectonic movement of Antarctica, implementing evolving topography over time. A decreasing height of the Antarctic continent leads to higher
surface temperatures, reducing the CO2 needed to maintain the same ice volume. This also leads to an
increasing contribution of ice volume to the δ 18 O signal. The results are, however, dependent on how
the topographic changes are implemented in our ice-sheet model.

5.1

Introduction

Long-term climate change on Earth is documented by marine benthic δ 18 O records (Lisiecki and
Raymo, 2005; Zachos et al., 2008; Cramer et al., 2009). They suggest a gradually cooling climate
during the Cenozoic, overprinted by more rapid orbital-scale variability and transient excursions. However, the interpretation of the δ 18 O signal is complicated by the fact that it comprises contributions from
both deep-sea temperature and global ice volume (e.g. Chappell and Shackleton, 1986). To disentangle
the δ 18 O signal, independent records of either deep-sea temperature (Lear et al., 2000; Sosdian and
Rosenthal, 2009; Elderfield et al., 2012) or sea level (Miller et al., 2005b; Kominz et al., 2008; Rohling
et al., 2014) are required, which are still only scarcely available and possess large uncertainties.
The forcing of the documented climate change is externally determined by variations in solar insolation (Milankovitch, 1930). However, these are not strong enough to explain the amplitude of observed
climate variability without any further climate feedbacks (Imbrie et al., 1992). Furthermore, in contrast
to δ 18 O, the spectral power of solar insolation does not significantly change during the Cenozoic (Zachos et al., 2008; Laskar et al., 2004). Therefore, insolation variability can neither explain the gradual
cooling, nor the excursions documented by benthic δ 18 O records. This indicates that internal variability
and feedbacks play a crucial role in climate change over time. One factor concerns concentrations of
greenhouse gases, such as CO2 , which heat up the atmosphere by trapping long-wave radiation. While a
high-fidelity CO2 record over the past 800 kyrs is derived from ice cores (EPICA community members,
2006), proxy data records for CO2 before that time are of low resolution, intermittent and mutually disagreeing (Beerling and Royer, 2011; Köhler et al., 2015). Attempts to reconcile sea level, temperature
and CO2 proxy data are hampered by this paucity of data and the mutual inconsistency of data records
(Foster and Rohling, 2013; Gasson et al., 2012).
An alternative approach to these issues, involving the use of models, is undertaken in this study.
Models have the advantage of providing mutually consistent and continuous records. In earlier studies, the benthic δ 18 O signal was deconvoluted by using an inverse routine to force a one-dimensional
ice sheet model. In this manner, sea level and Northern Hemispheric temperature simulations were
obtained over the past 40 Myr (De Boer et al., 2010). On shorter time scales, this methodology was
also applied to a three-dimensional ice sheet model with realistic topography (Bintanja et al., 2005a;
Bintanja and Van de Wal, 2008; De Boer et al., 2013, 2014a). A limitation of these stand-alone ice-
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sheet model studies was that information on climate only consisted of globally uniform perturbations
to pre-industrial temperatures. Moreover, CO2 was not explicitly incorporated in the model. Therefore, a hybrid model-data approach was taken by Van de Wal et al. (2011) to continuously reconstruct
a consistent CO2 record over the past 20 Myr. They assembled various proxy-CO2 data records and
inferred a log-linear relation between Northern Hemispheric temperature and CO2 . In Chapter 3, the
one-dimensional ice-sheet model was coupled to a zonally averaged energy balance climate model. The
inverse benthic δ 18 O routine was modified to simulate CO2 over the past 5 Myr in Chapter 4, using the
stacked benthic δ 18 O record of Lisiecki and Raymo (2005) as input. There, we simulated benthic δ 18 O,
sea level, temperature and CO2 for the first time in a fully-coupled fashion over a multi-million year
time span.
In this Chapter, we apply this method of deconvoluting δ 18 O, inversely simulating CO2 and thereby
reconciling these variables, to the period 38 Myr ago to 10 Myr ago. Over this time, we force the coupled ice sheet-climate model using the stacked benthic δ 18 O records of Zachos et al. (2008) and Cramer
et al. (2009). Specifically, we focus on two important warm spells: the time right before the EoceneOligocene Transition (EOT; 33.9 Myr ago), and the Middle-Miocene Climatic Optimum (MMCO; 17
to 15 Myr ago). Both these episodes encompass similarly low benthic δ 18 O values, suggesting comparable warm climates. However, proxy-CO2 data for right before the EOT (Pagani et al., 2011; Pearson
et al., 2009; Retallack, 2009) show significantly higher values than for the MMCO (Pagani et al., 1999;
Foster et al., 2012; Greenop et al., 2014; Kürschner et al., 2008). Although earlier modelling studies
have addressed the EOT (e.g. DeConto and Pollard, 2003; Pollard and DeConto, 2005; Wilson et al.,
2013; Ladant et al., 2014; Gasson et al., 2014) as well as the MMCO (e.g. You et al., 2009; Langebroek
et al., 2009, 2010; Henrot et al., 2010; Goldner et al., 2014), we are the first to transiently simulate a
time span covering both events. In doing so, we obtain a consistent representation of the climate during
these important times.
We investigate whether we can explain the MMCO-EOT conundrum of similar benthic δ 18 O but
different CO2 , for instance through a change in the contributions of ice volume and deep-sea temperature to the benthic δ 18 O signal. In Sect. 5.3.1, where we use the standard settings of the model and a
sensitivity experiment, we do not simulate a difference in CO2 between right before the EOT and the
MMCO. In Sect. 5.3.2 we analyse simulations with Antarctic topography varying over time, to address
the influence of erosion and tectonics. This offers a plausible explanation for the conundrum. However,
this result is contingent on the way 3D topographic changes are transferred to our simplified 1D model.
In Sect. 5.3.3, we discuss some further factors that can affect the relation between benthic δ 18 O, which
are not incorporated in our setup. Conclusions are presented in Sect. 5.4.

5.2

Model and methods

In this Chapter, we use a coupled ice sheet-climate model in inverse mode as described in Sect. 2.2.
This model consists of a zonally averaged energy balance climate model (North, 1975; Bintanja, 1997)
coupled to one-dimensional models of the five major Cenozoic ice sheets (Eurasian, North American,
Greenland, West Antarctic and East Antarctic ice sheets) (De Boer et al., 2010). The local atmospheric
surface temperatures calculated by the climate model are provided to the surface mass balance routine
of the ice-sheet models. Herein, ablation M is obtained using an insolation-temperature melt equation
(e.g. Van den Berg et al., 2008):
M = [10T + 0.513(1 − α)Q +Cabl ]/100,

(5.1)

where T , α and Q are local temperature, surface albedo and radiation, incorporating Milankovitch radiation variations, respectively. Parameter Cabl determines the ablation threshold. For the East Antarctic
ice sheet, it is set to -30 in the reference simulation; in the simulations with increased ablation it is
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Table 5.1: Description of the transient model runs over the period 38 to 10 Myr ago. Forcing records are
the stacked benthic δ 18 O records of Zachos et al. (2008)[Z08] and Cramer et al. (2009)[C09].
The ablation threshold parameter (Cabl ) is defined in Eq. 5.1. Topographic changes are applied to the area 60-90◦ S in the climate model and to the ice sheet models for the East and
West Antarctic ice sheets (EAIS and WAIS).

Name

Description

REF
CRAM
ABL+
TOPOTOPO+
TOPO-Q

Reference run
Different forcing
Increased ablation EAIS
Higher Antarctica decreased
Higher Antarctica increased
Higher Antarctica accelerated

Forcing
[Z08]
[C09]
[Z08]
[Z08]
[Z08]
[Z08]

EAIS
Cabl
-30
-30
-5
-5
-5
-5

Initial topo
change (m)
0
0
0
520
790
655

Topo change
period (Myr ago)
NA
NA
NA
34-0
34-0
34-20

increased to -5. The ice-sheet models calculates ice flow using the Shallow Ice Approximation (SIA).
The resulting surface height and surface type changes are forwarded to the climate model, effectuating
the surface-height-temperature and albedo-temperature feedbacks. Exchange of variables between the
climate and ice sheet models takes place every 500 model years.
The coupled model is forced with insolation data (Laskar et al., 2004), which is updated every 1,000
years. In inverse mode, as used in this Chapter, the CO2 concentrations are obtained every 500 years
from:
CO2 = CO2 ∗ exp[c ∗ {δ 18 O(t) − δ 18 Oobs (t + 0.5kyr)}],

(5.2)

where δ 18 O(t) is the benthic δ 18 O calculated by the model as a function of ice temperatures, ice
thicknesses and deep-sea temperature (De Boer et al., 2010), and δ 18 Oobs (t + 0.5kyr) is the observed
δ 18 O value 500 years later. Furthermore, CO2 is the mean CO2 concentration of the preceding 15 kyr,
and c a strength-determining parameter.
In this Chapter, we use the stacked records of Zachos et al. (2008) [Z08] and Cramer et al. (2009)
[C09] for the observed benthic δ 18 O record. These stacked records possess uncertainty due to the
fact that they are comprised of data records originating from different locations, oceanic settings and
foraminiferal species (Zachos et al., 2008; Cramer et al., 2009). Nonetheless, we assume them to
represent global average conditions. We simulate continuous mutually-consistent records of benthic
δ 18 O, CO2 , sea level (ice-volume equivalent) and global temperature over the period 38 to 10 Myr
ago. In this way, we obtain simulations that transiently cover both the EOT, and the MMCO, which are
the focus of this study. On the original 1,000-year resolution (as used in Chapter 4), the reference run
shows larger variability in δ 18 O than [Z08] (RMSE=0.42h). This is because the inverse method yields
too much variability in CO2 , leading to oversized fluctuations in δ 18 O. However, if 40-kyr running
averages are considered, the inverse method is very accurate (r2 =0.99, RMSE=0.05h). Therefore, all
model input and output data are displayed as 40-kyr running averages in this study, unless otherwise
stated. Hence, variations on smaller time-scales than 40 kyr can and will not be assessed. Table 5.1
summarises all the model runs we performed.
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5.3
5.3.1

Results and discussion
The MMCO-EOT conundrum

Our reference simulation is obtained by running the model over the period 38 to 10 Myr ago, after a
spin-up of 2 Myr (Table 5.1). The stacked benthic δ 18 O record of Zachos et al. (2008) [Z08] is used
as input. This simulation shows an only partly glaciated Antarctica, maintained by high CO2 concentrations of 650 to 750 ppm, until the Eocene-Oligocene Transition (EOT; 33.9 Myr ago) (Fig. 5.1).
At this time, a CO2 drop to 325 ppm leads to full-scale glaciation of Antarctica and a 2.6 K global
temperature cooling. After this event, the East Antarctic ice sheet remains very variable in size (sea
level varying between 0 to 50 m s.l.e. above pre-industrial (PI) level) during the Oligocene and early
Miocene. This is sustained by CO2 levels between 400 and 750 ppm, with global mean temperature
varying between 289 and 292 K. At the Middle-Miocene Climatic Optimum (MMCO; 17 Myr ago),
sea level and CO2 peak at 55 m above PI and 750 ppm respectively. Thus, in this simulation the CO2
concentrations at the MMCO and right before the EOT are similar, meaning there is no sign of hysteresis in the relation between δ 18 O and CO2 . While this is in agreement with the findings of Hansen
et al. (2013), who imposed a non-changing relation between CO2 and benthic δ 18 O via temperature,
proxy-CO2 data suggests different CO2 levels between these two episodes. This is visible in Fig. 5.2
(red line), where we focus on two periods that enclose these warm spells: a) Middle Miocene: 18 to
13 Myr ago, and b) Early Oligocene: 35 to 30 Myr ago. We compare our simulated CO2 to proxy data
based on alkenones (Pagani et al., 1999, 2011), boron isotopes (Foster et al., 2012; Greenop et al., 2014;
Pearson et al., 2009) and stomata (Retallack, 2009; Kürschner et al., 2008). Before the EOT, there is
broad agreement on CO2 levels ranging from 800 to 1000 ppm between the model results and the data
based on alkenones (Pagani et al., 1999) and stomata (Retallack, 2009) (Fig. 5.1B). The boron isotope
based reconstruction of Pearson et al. (2009) shows slightly higher CO2 values. Our modeled glaciation
threshold CO2 concentration of approximately 700 ppm is within the 560 to 920 ppm range found by
Gasson et al. (2014), who studied different combinations of an ice dynamical model coupled to seven
climate models (Fig. 5.2B, yellow shading). During the Early Oligocene period after the EOT, our
reconstructed CO2 is generally lower than proxy data. The paradoxical simultaneous occurrence of relatively low CO2 and low δ 18 O, indicative of high sea level, during the MMCO is very hard to capture.
Earlier modeling studies either showed high CO2 and high sea level (Langebroek et al., 2009, 2010;
Henrot et al., 2010; Goldner et al., 2014), or low CO2 and relatively low sea level (You et al., 2009).
In our reference run, we do not simulate low sea level, because the δ 18 O in the forcing record (Zachos
et al., 2008) is too low. Our simulated sea level is in fact similarly high as before the EOT, implying
a similar contribution of sea level and temperature to the δ 18 O signal. In contrast to our simulation,
proxy data show much lower CO2 concentrations during the MMCO than before the EOT (Fig. 5.2A),
although the uncertainties in these reconstructions are substantial. Stomata based data (Kürschner et al.,
2008) ranges between 293 and 469 ppm, while alkenone based (Pagani et al., 1999) and boron isotope
based (Foster et al., 2012; Greenop et al., 2014) data show generally lower values of 195 to 540 ppm
during the MMCO. The question now arises what could cause this disagreement between model and
data.
Obviously, our reconstruction depends strongly on the δ 18 O record that is used as forcing. In another run (CRAM), we force the coupled model with the stacked δ 18 O record of Cramer et al. (2009)
[C09] (Table 5.1). In contrast to [Z08], this compilation takes into account differences between ocean
basins in the stacking method. The main difference with REF in simulated CO2 is the timing of fullscale Antarctic glaciation at the EOT and after the MMCO; in simulation CRAM this takes place earlier
than in REF. Although the higher δ 18 O during the Middle to Late Miocene in [C09] is reflected in
lower sea level (not shown), the difference in CO2 beween REF and CRAM is relatively small. This is
because the Antarctic ice sheet is very sensitive in this CO2 regime; a small shift in CO2 leads to a large
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Figure 5.1: Time series of benthic δ 18 O, CO2 , sea level, and global temperature. (A) Simulated benthic
δ 18 O, (B) simulated CO2 , (C) simulated sea level in meters above present day, (D) simulated global mean temperature (Tglob ). Shown are 40-kyr running averages of the reference
run (REF). Dotted lines represent pre-industrial (PI) values. Highlighted in yellow are the
Early Oligocene period (35 to 30 Myr ago) and the Middle Miocene period (18 to 13 Myr
ago).
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A

B

Figure 5.2: Simulated CO2 for REF (red), CRAM (cyan) and ABL+ (black) for (A) the Middle
Miocene and (B) the Early Oligocene. Symbols indicate proxy-data reconstructions based
on alkenones (Pagani et al. (1999, 2011), orange asterisks), boron isotopes (Foster et al.
(2012); Greenop et al. (2014); Pearson et al. (2009), blue plusses) and stomata data (Retallack (2009); Kürschner et al. (2008), green crosses). Yellow shading indicates the range of
Antarctic glaciation values found by Gasson et al. (2014).

ice volume change. Hence both by forcing with [C09] and [Z08], the simulated difference between
CO2 levels before the EOT and during the MMCO are qualitatively similar.
An important model uncertainty resides in the mass balance parametrisation of the East Antarctic ice sheet (EAIS). In Chapter 4, we already showed that increasing the ablation by implementing a
lower ablation threshold, leads to a more dynamic EAIS during the Pliocene. We perform a similar
experiment (ABL+) forcing the model over the period 38 to 10 Myr ago using [Z08], and lowering (in
absolute sense) the ablation threshold parameter from its reference value -30 to -5 (Table 5.1). The
increased ablation in this run leads to a decreased threshold CO2 values for East Antarctic glaciation
and deglaciation. Consequently, the resulting CO2 levels right before the EOT and during the MMCO
are lower in the ABL+ simulation than in the REF simulation. This also induces a new balance in the
contributions to the benthic δ 18 O signal. Since CO2 is lower, deep-sea temperatures are lower and
hence ice volume must contribute less to the signal and simulated sea level is somewhat higher (not
shown). The simulated lower MMCO CO2 levels are in better agreement with proxy data (Fig. 5.2A;
black line). Contrarily, Late Eocene and Early Oligocene CO2 concentrations are now unrealistically
low (Fig. 5.2B; black line). In other words, a difference in CO2 levels between both periods is still not
simulated, so the conundrum remains.
The similarity between the Early Oligocene and Middle Miocene periods in this run is also reflected
by the polar amplification in the Southern Hemisphere (Fig.5.3A). In agreement with data reconstructions (e.g. Goldner et al., 2014; Bijl et al., 2009), we simulate reduced equator-to-South-Pole temperature gradients right before the EOT and during the MMCO. This is demonstrated by more strongly
increased Antarctic temperatures (up to 9 K) compared to the global mean (up to 3 K) with respect
to PD. To investigate the factors determining polar amplification, we additionally perform schematic
equilibrium runs of the model. In these runs, we first increase CO2 in steps of 50 ppm per 50 kyr from
450 ppm to 1200 ppm, and then oppositely decrease the concentration back to 450 ppm. Insolation is
kept at present-day configuration throughout all these schematic runs. If we do not take into account
changing land ice and changing ocean overturning strength, the polar amplification is relatively small
and uniform (Fig. 5.4, orange line). Allowing for ocean overturning strength variations increases the
amplitude of polar amplification as is indicated in Fig. 5.4 by a slightly steeper blue line. Switching
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ABL+

A

B

TOPO-Q

Figure 5.3: Relation between global and Antarctic (60◦ to 90◦ S) mean annual surface temperature,
during the Middle Miocene (blue dots) and the Early Oligocene (red dots). For (A) ABL+,
and (B) TOPO-Q.

on land ice changes also leads to non-uniform polar amplification (Fig. 5.4, black line). In the latter case, it becomes stronger in the temperature regime where the Antarctic ice sheet is dynamic and
hence very sensitive to temperature changes. In addition, significant hysteresis is introduced by the
surface-height-temperature and albedo-temperature feedbacks, as is shown by the difference between
the upward and the downward branches. The separate effects of ocean overturning strength and land
ice changes combine more or less linearly (Fig. 5.4, red line).

5.3.2

Influence of changing Antarctic topography

Bulk effect
In all the runs discussed so far we use present-day topography as boundary condition by assuming a local isostatic equilibrium. However, as a consequence of e.g. tectonics and erosion, ice-free topography
has significantly changed since the Late Eocene (Rugenstein et al., 2014, and references therein). Particularly the Antarctic topographical changes may have had a significant influence on the dynamics of
the Antarctic ice sheet (Siegert, 2008; Oerlemans, 1984; Huybrechts, 1993; Wilson et al., 2013; Gasson
et al., 2015; Austermann et al., 2015; Gasson et al., 2016). Wilson et al. (2012) calculated late Eocene
Antarctic topography relative to the isostatically rebounded BEDMAP present-day topography (Lythe
et al., 2001), using a set of tools including ice sheet-erosion models, models of thermal subsidence and
plate movement. They constructed a minimum and maximum estimated late Eocene topography difference from present day. This study shows eroded volumes that lower the Antarctic continent by 520
to 790 m on average. We perform experiments, where we increase the initial height of the Antarctic
continent 38 Myr ago by 520 m (TOPO-) and by 790 m (TOPO+) in the climate model (60 to 90◦ S) as
well as in the ice sheet models of East and West Antarctica. We thereby ignore isostatic adjustment of
the eroded material, which counteracts lowering of the surface. Our modelling effort therefore probably
overestimates the effect of erosion, and should be seen as a proof of concept rather than a rigorous quan-
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Figure 5.4: Relation between global and Antarctic (60 to 90◦ S) mean annual surface temperature
in schematic equilibrium runs using the standard configuration (red), PD land ice conditions (blue), PD ocean overturning strength (black) and PD land ice and ocean overturning
strength (orange).
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A

B

Figure 5.5: Simulated CO2 for REF (red), TOPO-Q (green) and the range bounded by TOPO- and
TOPO+ (blue shading) for (A) the Middle Miocene and (B) the Early Oligocene. Yellow
shading indicates the range of Antarctic glaciation values found by Gasson et al. (2014).
Symbols as in Figure 5.2.

tification. Since not much is known of Antarctic topography evolution over time, we impose a linear
decrease of the height difference over time. Data-based evidence suggests that erosion on Antarctica
was very weak until glaciation of the continent (Thomson et al., 2013). Therefore, we start this decrease
at 34 Myr ago. The rate of height decrease is such that zero difference would be obtained at present day.
However, because Antarctica may have eroded more strongly during the early parts of the Cenozoic
(Tochilin et al., 2012), we perform a separate run (TOPO-Q) where the rate of topographic change is
quicker. In that run, we prescribe a height decrease of 655 m (the average of 520 and 790 m) linearly
over the shorter period 34 to 20 Myr ago. In all these runs, we use the enhanced ablation parameterisation of run ABL+ (Table 5.1), since this gives the best agreement with proxy data during the MMCO.
A higher Antarctic surface at the EOT generally experiences lower surface air temperatures at the
same CO2 level. Therefore, the threshold CO2 value for (de)glaciation is higher. Because the model is
forced by the same values of benthic δ 18 O, in the TOPO experiments we obtain compensating higher
levels of CO2 than in the ABL+ experiment (Fig. 5.5B); even higher than simulated in the REF experiment. The modeled CO2 ranges from 900 to 1400 ppm before and from 500 to 900 pm after the EOT,
in better agreement with proxy data. At the MMCO, the topographic difference between the TOPO
runs and ABL+ has reduced, and simulated CO2 levels are closer together (Fig. 5.5A). The TOPO- and
TOPO+ runs show CO2 levels almost equal to REF (Fig. 5.5A; blue shading). The CO2 range spanned
by TOPO- and TOPO+ is also smaller because the topographic difference between these runs is reduced.
The CO2 levels simulated in run TOPO-Q are similarly high as ABL+ at the MMCO, since there is no
difference in topography with ABL+ at this time anymore (Fig. 5.5A; green line). Any difference in
CO2 is therefore explained by transient effects. Hence, a changing Antarctic surface topography leads
to a difference in CO2 between right before the EOT and during the MMCO, while similar benthic δ 18 O
is simulated.
A changing relation between Antarctic and global mean temperatures over time is also shown by
Fig. 5.3B. During the Early Oligocene period, much higher global mean temperatures are simulated
by the TOPO-Q simulation than during the Middle Miocene period. While similar Antarctic surface
temperatures are needed to glaciate the continent, the higher surface elevation ensures that Antarctica is colder with respect to the rest of the globe. Therefore, Antarctica glaciates at higher global mean
temperatures, and hence higher concentrations of CO2 . Over the course of time, when the Antarctic surface elevation drops (Fig. 5.6E), the CO2 levels needed (Fig. 5.6B) to simulate the same benthic δ 18 O
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(Fig. 5.6A) gradually decrease. This concurs with slowly declining global temperatures (Fig. 5.6D).
Additionally, simulated sea level before the EOT is lower than during the MMCO (Fig. 5.6C), ∼10 m
lower than the 40-50 m above present day reconstructed by Miller et al. (2005a). This is because at the
EOT, CO2 levels are increased, leading to warmer deep-sea temperatures. This ensures that a smaller
part of the benthic δ 18 O decrease with respect to the pre-industrial value is accounted for by loss of
land ice.

Separate effect of several factors
Having shown the bulk effect of changing Antarctic topography, we recognize that we do not include
local effects which may be of importance (Gasson et al., 2015; Jamieson et al., 2010). The crude
resolution of our climate model, as well as the idealised topography of our ice-sheet model hinder
doing this. However, in the following we attempt to quantify the uncertainty pertaining to not including
local effects by investigating three potentially important factors: 1) the effect of separate EAIS and
WAIS height increases (separated E/W in Fig. 5.7), 2) the effect of eliminating the land surface area
increase caused by the height increase (decreased area in Fig. 5.7), and 3) the effect of not changing
the central height, but instead reducing the slope of the EAIS and WAIS (reduced Hcnt in Fig. 5.7). To
study these effects, we perform three further tests over the shorter period 38 to 30 Myr ago. In these
experiments, we do not include any transient changes. Therefore, we also perform a new standard run
for comparison, where this time we increase the Antarctic topography by 655 m over the entire run
(Standard in Fig. 5.7).
In the first test, we make a distinction between the topography of the EAIS and the WAIS, as
evidence suggests that the WAIS eroded more than the EAIS. We apply a height increase of 401 m to
the EAIS, and 865 m to the WAIS. This is based on separating the eroded volumes of both these areas
in Table 3 of Wilson et al. (2012). Doing this slightly hinders the growth of land ice, leading to 101
ppm lower CO2 concentrations (Fig. 5.7A, blue line), and 4.8 m higher sea level (Fig. 5.7B, blue line)
averaged over the whole simulated period 38 to 30 Myr ago.
The 655 m height increase we apply facilitates the Antarctic surface area above sea level becoming
243% larger when there is no land ice (a contribution of 70 meters sea level), and 235% larger at
present-day sea level. This leads to an easier build up of more land ice. To quantify this effect, we
perform a second test where we artificially eliminate this surface area increase. In addition to applying
the 655 m height increase of the topography, we raise the sea level by the same amount. In this way,
the Antarctic continent still experiences lower temperatures, but does not have a larger land surface
area. At high sea levels, there is not much difference with the new standard run (Fig. 5.7, black lines).
However, towards colder conditions, land ice growth is capped at approximately present-day sea level.
In the new standard run, the Antarctic ice sheet grows larger, and sea level drops to -14.4 m at the end
of the EOT. This indicates an Antarctic ice sheet size of 84.4 m.s.l.e., ∼20% larger than present-day, in
agreement with the 83.4 to 89.5 m.s.l.e. range found by Wilson et al. (2013). A smaller Antarctic ice
sheet leads to a reduced benthic δ 18 O signal. This is compensated by lower deep sea temperatures, and
hence decreased CO2 . After the EOT CO2 is on average 105 ppm and maximally 159 ppm lower than
in the new standard run.
Finally, in our model the glacial inception threshold may be contingent on the height of the top of
the continental cone, where glaciation starts. Translated to the real world this implies a dependency
on the height of the mountainous regions of the Antarctic continent. These regions, however, may not
have eroded as much as the lower-lying parts of Antarctica (Rose et al., 2013). Therefore, in the third
test we do not increase the central height of the continents, but reduce the slopes such that the volume
above sea level remains the same as in the new standard run. This means a slope of -0.474 instead of
-1.0 m/km for the EAIS, and a slope of -0.158 instead of -1.1 m/km for the WAIS. Clearly, this has
a very large effect on the simulated CO2 (Fig. 5.7A green line) and sea level (Fig. 5.7B, green line).
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Figure 5.6: Time series of benthic δ 18 O, CO2 , Antarctic surface elevation deviation from PD, and
global temperature. (A) Simulated benthic δ 18 O from TOPO-Q, (B) simulated CO2 ; from
TOPO-Q (red line) and from TOPO- and TOPO+ (orange shading), (C) simulated sea level
in meters above present day; from TOPO-Q (blue line) and from TOPO- and TOPO+ (cyan
shading), (D) simulated global mean temperature (Tglob ); from TOPO-Q (black line) and
from TOPO- and TOPO+ (grey shading), (E) Antarctic surface elevation deviation from
PD; from TOPO-Q (solid line) and TOPO- and TOPO+ (dashed lines).

80

5.4. Conclusions
B

A

Figure 5.7: (A) Simulated CO2 and (B) sea level for the runs performed in Sect. 5.3.2. In red, the
standard run with and increased Antarctic height of 655 m. In blue, the run with separate
height increases of 401 m for the EAIS and 865 m for the WAIS. In black, the run with
increased height of 655 m, but reduced surface area. In green, the run without central height
(HCNT ) increase, but with a reduced slopes for the EAIS and WAIS.

In this simulation CO2 and sea level are hardly different from the ABL+ results (not shown), being
respectively much lower and higher than in the new standard run.

5.3.3

Other influencing factors

Other important factors that can affect the glaciation threshold CO2 vaue are ocean dynamics and
vegetation dynamics. In our model, we use a simple meridional overturning scheme for the ocean
(see Chapter 2 and Bintanja (1997)). The strength of the overturning is determined by the density
difference between equatorial and polar waters. In reality, however, a change in the structure of the
ocean basins can also have a significant effect on ocean dynamics. For instance closure of the Drake
Passage has a lowering effect on the Antarctic glaciation CO2 threshold at the EOT (Kenneth, 1977;
DeConto and Pollard, 2003; Toggweiler and Bjornsson, 2000) by increasing ocean heat transport
towards the South Pole. Another data study argued that a deeper global thermocline and reduced
low-latitude gradients in sea-surface temperature during the Miocene may explain an altered relation
between CO2 and temperature (LaRiviere et al., 2012). Furthermore, we ignore vegetation dynamics.
In our model, the Antarctic continent is covered by grassland when it is ice-free. If the vegetation
consisted (partly) of forests during the EOT, the CO2 threshold for Antarctic glaciation could be
much lower (Liakka et al., 2014). These mechanisms would favour higher CO2 at the MMCO than at
the EOT opposite to what the data suggest. Therefore, we leave analysis of the impact of these factors to studies using more sophisticated models that contain more detailed ocean and vegetation physics.

5.4

Conclusions

We have presented continuous mutually-consistent simulations of benthic δ 18 O, CO2 , sea level and
global temperature, over the period 38 to 10 Myr ago (Fig. 5.1). These are obtained using a coupled
climate-ice sheet model, with an inverse routine to get CO2 from a stacked benthic δ 18 O record (Zachos et al., 2008; Cramer et al., 2009). This approach based on simplified models provides the unique
possibility of reconciling these variables on multi-million year time scales.
We have focused on two warm spells, the EOT and the MMCO, where proxy data suggest different
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CO2 levels, while benthic δ 18 O values are similar. We find that this conundrum cannot be explained
using the standard configuration of our model. We simulate similar CO2 levels right before the EOT
as during the MMCO. The contributions of ice volume and deep-sea temperature to the benthic δ 18 O
signal during these two episodes are also comparable. Forcing the model by the benthic δ 18 O record of
Cramer et al. (2009), which shows higher values during the Middle Miocene, we do obtain lower sea
level. The simulated CO2 levels, however, are only slightly reduced. Lowering the uncertain ablation
threshold for the EAIS leads to decreasing levels of CO2 at both events, and therefore does not solve
the conundrum.
In order to offer a solution to the conundrum, we investigate the first-order effect of evolving Antarctic topography. For this purpose, we run the model starting with a height increase of 520 to 790 m,
based on the eroded volumes in Wilson et al. (2012), applied to the Antarctic continent. We diminish
this height increase either slowly (to reach zero at present day) or more quickly (to reach zero at 20 Myr
ago). Through the lapse-rate effect, a higher surface at the EOT experiences lower temperatures. This
means that the EAIS glaciates and deglaciates at higher CO2 levels. Therefore, low benthic δ 18 O values
are reached at these increased CO2 levels, and contain a comparatively larger contribution from warmer
deep-sea temperatures. Especially when the topographic difference is reduced at a relatively fast pace,
this offers an explanation for differences in CO2 between the EOT and MMCO while benthic δ 18 O
values are similar. Additionally, the larger land mass effectuated by the height increase can sustain a
20% larger Antarctic ice sheet. When spatial heterogeneity is included by applying different height
increases for the EAIS and WAIS separately, the CO2 difference is somewhat (∼100 ppm) reduced.
The effect of increased Antarctic surface elevation is, however, strongly contingent on how the 3D
topographic changes are implemented in the 1D ice sheet model. The threshold for (de)glaciation in
our model is determined by the maximum height of the continental cone. If instead of applying a uniform height increase, this peak height is kept constant and only the slope of the Antarctic continent is
reduced, the simulated EOT CO2 is much lower. Therefore, to better constrain the influence of erosion
and tectonic movement on climate, a 3D ice-sheet model should be used. Ideally, this model would
be interactively coupled to an erosion model. Inclusion of isostatic adjustment should further help to
obtain more realistic results.
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Since the inception of the Antarctic ice sheet at the Eocene-Oligocene Transition (∼34 Myr ago),
land ice has played a crucial role in Earth’s climate. Through the ice-albedo and surface-heighttemperature feedbacks, land ice variability strengthens atmospheric temperature changes induced by
orbital and CO2 variations. Quantification of these feedbacks on long time scales has hitherto seldom been undertaken. In this Chapter, we use a zonally averaged energy balance climate model bidirectionally coupled to a one-dimensional ice sheet model. The relative simplicity of these models
allows us to perform integrations over the past 38 Myr in a fully transient fashion, using a benthic oxygen isotope record as forcing to inversely simulate CO2 . Output of the model are mutually consistent
records of CO2 , temperature, ice volume-equivalent sea level and benthic δ 18 O. These data are used
to study the influence of ice sheets on the evolution of global temperature and polar amplification by
comparing runs with ice sheet-climate interaction switched on and off. We find that ice volume variability has a strong enhancing effect on atmospheric temperature changes, particularly in the regions
where the ice sheets are located. As a result, polar amplification in the Northern Hemisphere decreases
towards warmer climates as there is little land ice left to melt. Conversely, decay of the Antarctic ice
sheet increases polar amplification in the Southern Hemisphere in the high-CO2 regime. Our results
also show that in cold climates the ice-albedo feedback predominates the surface-height-temperature
feedback, while in warm climates they are more equal in strength.

6.1

Introduction

The most abundant information source with the highest resolution on Cenozoic global climate change
are stacked benthic oxygen isotope (δ 18 O) records (Lisiecki and Raymo, 2005; Zachos et al., 2008;
Cramer et al., 2009), which have been well-studied and statistically analysed (Mudelsee et al., 2014).
The benthic δ 18 O signal is known to be comprised of two factors (e.g. Chappell and Shackleton, 1986):
1) the deep-sea temperature, and 2) the volume of land ice on Earth. An additional independent record of
either one is therefore required to separate the signal into its individual constituents. Deep-sea temperature records can be reconstructed based on the Mg/Ca proxy (Lear et al., 2000; Sosdian and Rosenthal,
2009; Elderfield et al., 2012), but a global average deep-sea temperature is hard to obtain. Sea level
records are also available, but are subject to the same problem of inferring a global mean (Miller et al.,
2005a; Kominz et al., 2008; Rohling et al., 2014). Studies using sea level records face the additional
challenge of converting local sea level to ice volume, which is not straightforward mainly because of
dynamic topography (Mitrovica and Milne, 2003; Kendall et al., 2005). Alternatively, calculation of
benthic δ 18 O can be incorporated in coupled ice sheet-climate models, by using parameterisations of
the contribution of deep-sea temperature (Duplessy et al., 2002), and the isotopic content of ice sheets
(Cuffey, 2000). Hitherto, studies using this approach have mostly focused on relatively short time intervals surrounding important climatic events, such as the Eocene-Oligocene Transition (33.9 Myr ago;
Tigchelaar et al. (2011); Ladant et al. (2014); Wilson et al. (2013)), the Mid-Miocene Climatic Optimum (13.9 Myr ago; Langebroek et al. (2010); Gasson et al. (2016)), and the Pliocene-Pleistocene
Transition (2.6 Myr ago, Willeit et al. (2015)), using models of varying complexity. Computer power
remains a limiting factor for these coupled ice sheet-climate studies. Nevertheless, a study using a
model of reduced complexity simulated the past 3 million years (Berger et al., 1999). However, they
did not include the Southern Hemisphere and the Antarctic ice sheet in their model. Here, we will use
a coupling between an energy balance global climate model and a one-dimensional ice sheet model of
all ice sheets, to transiently simulate the past 38 Myr.
Our model approach builds on the inverse routine to derive atmospheric temperature from benthic
δ 18 O, that was introduced by Oerlemans (2004b). This methodology was consequently developed further to force stand-alone three-dimensional ice sheet models over the past 1 Myr (Bintanja et al., 2005a;
De Boer et al., 2013), the past 3 Myr (Bintanja and Van de Wal, 2008), and the past 5 Myr (De Boer

84

6.2. Methodology

et al., 2014a). With this inverse routine, the past 40 Myr were simulated (De Boer et al., 2010) and further analysed (De Boer et al., 2012), using a one-dimensional ice sheet model that calculates all land ice
on Earth. In Chapter 3, this ice sheet model was coupled to a zonally averaged energy balance climate
model (Bintanja, 1997), and run over the past 800 kyr forced by the EPICA Dome C ice-core CO2 record
(EPICA community members, 2004). Inclusion of a climate model made CO2 an integrated component
of the simulated system. In addition, it rendered the possibility of investigating ice sheet-climate interactions, specifically the ice-albedo and surface-height-temperature feedbacks. Furthermore, instead of
annual mean and globally uniform temperature perturbations to present-day climate, seasonal meridional temperature distributions were used to force the different ice sheets. In a subsequent study, the
inverse routine was transformed to yield CO2 concentrations, making CO2 a prognostic variable (Chapter 4). The resulting values were used to force the coupled model over the past 5 Myr. In Chapter 5, the
model was run over the period 38 to 10 Myr ago, and the influence of Antarctic topographic changes
on the simulated CO2 was investigated.
In this Chapter, we will first explore a hysteresis that occurs in our coupled model, which necessitates us to reconfigure our set-up. Using a new reference simulation, we will attempt to quantify the
influence of ice sheets on climate change during the past 38 million years, specifically on global temperature perturbations and polar amplification. To this end, we compare runs of the climate model where
ice sheet-climate interaction is switched off to the new reference run. We find that ice sheets modify
the Earth System Sensitivity more strongly in cooler climates. Furthermore, they have a large regional
impact, which causes CO2 -induced climate change to be heavily dependent on latitude. Moreover, polar
amplification is determined by the background climate state.

6.2

Methodology

In this Chapter, we use a coupled ice sheet-climate model in inverse mode as described in Sect. 2.2, in
the same way as in Chapter 5. The climate component is a zonally averaged energy balance climate
model (based on North, 1975; Bintanja, 1997) with 5◦ latitudinal resolution, including a simple ocean
model mimicking meridional seawater circulation with varying strength based on the density difference
between the polar and equatorial waters. The climate model provides the temperature input to the mass
balance module of a one-dimensional ice sheet model that uses the Shallow Ice Approximation. The ice
sheet model (De Boer et al., 2010) calculates the surface height change and ice sheet extent of the five
important ice sheets on Earth: Greenland, North America, Eurasia, East Antarctica and West Antarctica.
This information is used to update the land ice fraction and surface height profile in the climate model
for the next time step. Exchange of variables takes place every 500 model years. The coupled model is
forced with insolation data (Laskar et al., 2004) and an inverse routine, which yields CO2 concentrations
from the difference between the modeled benthic δ 18 O value and an observed value an output-timestep
later. The result of the model consists of mutually consistent records of benthic δ 18 O, atmospheric
CO2 , temperature, and ice-volume equivalent sea level.
First, we extend the run over the period 38 to 10 Myr ago forced with the stacked benthic δ 18 O of
Zachos et al. (2008) described in Chapter 5, to include the past 10 Myr (this run is called ’38 Myr’).
We compare the results of the past 5 Myr to the reference run of Chapter 4, that simulated the past 5
Myr using the record of Lisiecki and Raymo (2005) as forcing (this run is called ’5 Myr’). The 38
Myr run shows CO2 values that are much lower over the past 5 Myr than the results of old reference
run, and therefore also far below the EPICA Dome C record (EPICA community members, 2004).
To regain agreement with the EPICA Dome C record, we define a new reference run in this Chapter
(new REF). In this new reference run we decrease the ablation on the Eurasian, North American and
Greenland ice sheets by lowering the ablation threshold parameters in the insolation-temperature-melt
calculations. This will raise the CO2 level at which these ice sheets start to grow and consequently
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increase benthic δ 18 O. Thereby it reduces the CO2 decrease we need to simulate the same benthic
δ 18 O increase. The threshold are lowered by 20 from -51 to -71, by 20 from -41 to -61 and by 10 from
-48 to -58 for these ice sheets respectively. In this run, the Zachos et al. (2008) record is once more
used to force the model over the past 38 Myr similarly as in Chapter 5. Furthermore, to study the effect
of ice sheet-climate interactions, we perform three model tests over the past 38 Myr, where we use the
same CO2 input as the new reference run, but keep the ice sheet extent and surface height constant at
present-day (PD ice/ice uncoupled) or Last Glacial Maximum (LGM ice) level, or remove all ice in the
climate model completely (no ice). In a last test, we keep the surface height constant at present-day
(PD) level, but still vary ice sheet extent (height uncoupled). This allows us to separate the effect of the
surface-height-temperature feedback from the ice-albedo feedback. We show 40-kyr running averages
of all variables, because shorter scale variability is too strong in our model over the period 38 to 10 Myr
ago (see Chapter 5).
To further explore the difference we find between the results of the 5 Myr and the 38 Myr run, we
additionally conduct four pairs of experiments with the model in forward mode. In forward mode, we
do not use the inverse routine, but force the model by a-priori designed CO2 scenarios. We run the
model fully coupled, or alternatively by keeping ice sheets (PD ice), or ocean overturning strength (PD
OT), or both (PD ice + OT) constant at their present-day levels. Starting from a CO2 concentration of
450 ppm, we force the model by changing the CO2 input in steps of 50 ppm every 50 kyrs. In one set
of experiments (named ’up’), the CO2 is first raised from 450 ppm to 1200 ppm, then lowered to 150
ppm, and increased again to 600 ppm. In the other set (named ’down’), the CO2 is initially dropped
from 450 to 150 ppm, then raised to 1200 ppm, and ultimately decreased again to 300 ppm. Insolation
is kept at PD level in all these equilibrium experiments.

6.3

Results: hysteresis and new reference

When we compare the final 5 Myr of our 38-Myr simulation to our 5-Myr simulation, we notice that
the 38-Myr simulation shows much lower CO2 concentrations (Fig. 6.1B, green and blue lines). These
contradicting results cannot be explained by the use of different forcing records - Zachos et al. (2008)
for 38-Myr as opposed to Lisiecki and Raymo (2005) for 5-Myr - as these show similar values during this time (0.02 h average difference, not shown). Instead, this incongruence is caused by model
hysteresis. This becomes apparent when we study the relation between CO2 and global temperature in
the forward runs with stepwise changing CO2 described in Sect. 6.2, performed with the fully coupled
model (Fig. 6.2A). Starting at 450 ppm CO2 , the ’up’ and ’down’ runs show the same initial global
temperature. However, in the ’down’ run, where the CO2 progresses first downward and then upward,
the global temperatures at low (< 450 ppm) CO2 values are approximately a degree lower than those
in the ’up’ run, where CO2 is first raised and then lowered. When the ’down’ run is integrated over
another CO2 cycle, it shows the same global temperatures as the up run (not shown). This means that
once the coupled model has seen high CO2 values during its run, as is the case in the 38-Myr run but not
in the 5-Myr run, the climates at lower CO2 are warmer. Therefore, CO2 concentrations have to drop
further to obtain the same temperatures. What is the cause of this hysteresis? The global temperature
difference between the ’up’ and ’down’ run is 0.94 K at 150 ppm CO2 . When the ice sheet model is
uncoupled, and the climate model is directly forced by PD ice sheets, this reduces to 0.69 K (Fig. 6.2B,
blue and cyan lines). Keeping the ocean overturning strength fixed at PD also leads to a small reduction;
the difference becomes 0.53 K (Fig. 6.2B, dark green and light green lines). The combined effect of
uncoupled ice and ocean overturning strength is still not sufficient to eliminate the hysteresis (Fig. 6.2B,
red and orange lines). Even when in addition sea ice and snow cover are kept constant, a small hysteresis is present (not shown). This means that the hysteresis is inherent to the core of the climate model:
the parameterisation of vertical and horizontal energy transfer in the ocean and atmosphere. The factors
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A

B

C

Figure 6.1: Atmospheric CO2 over the past Myr (A), the past 5 Myr (B) and the past 38 Myr (C). Shown
are the 5-Myr run from Chapter 4 (green), the extended 38-Myr run from Chapter 5 (blue),
the new reference run with decreased ablation of the Northern Hemisphere (red), the hybrid
proxy data-model reconstruction by Van de Wal et al. (2011) (black) and the EPICA icecore record (EPICA community members, 2004) (cyan). Mind the differing y-scales. The
dashed line shows the pre-industrial value (280 ppm). In panel A we do not show 40-kyr
averages, but the 1-kyr output of the model.
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A

B

Figure 6.2: Relation between CO2 and global temperature in the equilibrium runs. In A, the fully coupled model output is shown. The startpoint of the simulation is marked by an S, and the
consequent evolution for both runs is marked by colored arrows. The black line shows the
up run, where CO2 is increased first, the grey line shows the down run, where CO2 is decreased first. In B the output with uncoupled ice (blue/cyan), uncoupled ocean overturning
strength (darkgreen/green) and both these factors uncoupled (red/orange) are shown. The
darker colors (blue, darkgreen, red) show the up runs, the lighter colors (cyan, green, black)
show the down runs. The startpoint and evolution are the same as in A.
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mentioned above act to enhance this hysteresis.
Over the past 800 kyr, the 5-Myr run was calibrated to the EPICA Dome C ice core proxy-CO2
record (EPICA community members, 2004) and shows negligible bias (-3.9 ppm), whereas the 38-Myr
run shows much lower values than this proxy record with a -47.7 ppm bias (Fig 6.1A, mind that here we
show 1-kyr values instead of 40-kyr averages). The simulated CO2 over the past 5 Myr in the 38-Myr
run is also much lower than the hybrid proxy data-model reconstruction by Van de Wal et al. (2011)
(Fig. 6.1B, black line). Therefore, we deduce that the CO2 record of the 38-Myr run is probably not realistic over this period. In order to simulate a more realistic 38-Myr simulation, we modify the relation
between CO2 and ice volume by decreasing ablation on the Northern Hemispheric ice sheet continents
(see Sect. 6.2), so that these will glaciate at higher CO2 .
Now, forcing the model with Zachos et al. (2008) similar to before (Chapter 5), we obtain a new
reference simulation over the past 38 Myr (Fig. 6.1, red lines). Over the period 38 to 10 Myr ago, there
is only negligible difference with the earlier 38-Myr simulation, since in both cases the Northern Hemispheric ice sheets are not yet present (Fig. 6.1C). Therefore, the analyses and conclusions of Chapter 5
are not affected. However, between 10 Myr ago and present day the new reference simulation shows
higher CO2 values. Over the past million years, the new reference simulation (Fig. 6.1A, red line)
agrees much better with the 5-Myr run (Fig. 6.1A, green line) and with the EPICA proxy-CO2 record
(Fig. 6.1A, cyan line); the bias with respect to this proxy-record is reduced to -6.4 ppm. During the
Pliocene and early Pleistocene, the simulated new reference CO2 remains lower than in the 5-Myr run.
Nevertheless, it is still generally higher and significantly more variable than the reconstruction based on
a constant Earth System Sensitivity (ESS) by Van de Wal et al. (2011), which was the main conclusion
of Chapter 4.

6.4

Results: ice sheet-climate interaction

In this Section, we investigate the influence of ice sheet-climate interaction on polar amplification, and
on the Earth System Sensitivity (ESS). The ESS is defined as the global temperature response to a
radiative forcing caused by changing CO2 , taking into account all climate feedbacks. This radiative
forcing by CO2 is proportional to the logarithmic change of CO2 (Myhre et al., 1998). In Fig. 6.3
(red dots), we therefore show the relation between global temperature anomalies from pre-industrial
(PI) and the logarithm of CO2 divided by a reference PI value of 280 ppm in our new reference run.
Evidently, this relation is not constant, as in warm climates the global temperature increase for a given
CO2 increase is less strong. The slope of a least squares linear regression shows a value of 6.8 K for
the -0.5 to 0 range of ln(CO2 /CO2,ref ), and 2.4 K for the 1.0 to 1.5 range, a reduction of 65%. In
the ice uncoupled run, the slope reduces by only 50% from 4.0 K to 2.0 K going from the -0.5 to 0
to the 1.0 to 1.5 ln(CO2 /CO2,ref ) regime (Fig. 6.3, black dots). In this case, the standard error of an
linear regression through all data points is reduced by 64% from 0.0042 K to 0.0015 K with respect
to the fully coupled run. This better approximation by a linear fit in the case of uncoupled ice means
the log(CO2 )-T relation is more linear, and hence the reduction of ESS in warm climates is less strong.
The coldest anomaly is amplified by 150% (factor 2.5) if land ice changes are incorporated, and by 90%
if only albedo is coupled (height uncoupled, Fig. 6.3, blue dots), similar to the findings of Chapter 3.
The warmest anomaly is only increased by 17% (factor 1.17) when ice is coupled, and by 9% when
only albedo is coupled. This means the surface-height-temperature feedback becomes relatively more
important in warmer climates. Since decreased ESS at higher CO2 is still present in the run where
ice volume is kept at PD level (Fig. 6.3, black dots), reduced ice volume variability is not its only
determining factor.
The influence of ice sheets on the climate is strongest in the region where they are situated, leading
to increased polar amplification. This is demonstrated by the relation between global temperature and
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COOLER
CLIMATES

WARMER
CLIMATES

Figure 6.3: Relation between the logarithm of CO2 divided by the PI value of 280 ppm, and global
temperature anomalies with respect to PI (of the reference run), for the reference simulation
(red dots), the simulation with uncoupled ice (black dots) and the simulation with only
uncoupled surface height (blue dots).
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A

B

Figure 6.4: Relation between anomalies with respect to PI (of the reference run) of global temperature,
and (A) Northern Hemispheric temperature (40 to 80◦ N), and (B) Antarctic temperature
(60 to 90 ◦ S), for the reference simulation (red dots), the simulation with uncoupled ice
(black dots) and the simulation with only uncoupled surface height (blue dots).

Northern Hemispheric (40 to 80◦ N, Fig. 6.4A) temperature, or Antarctic temperature (60 to 90◦ S,
Fig. 6.4B). In the Northern Hemisphere, the growth of large ice sheets reduces local temperatures from
a low point a little bit below PI, to approximately -7 K with respect to PI. When only the surface
height changes are uncoupled, the Northern Hemispheric temperature anomaly reaches a -4 K low point
(Fig. 6.4A, blue dots). Conversely, the amount of land ice lost in warmer climates is relatively small, as
only the Greenland ice sheet (∼ 7 m.s.l.e.) is left to melt away. Consequently, the Northern Hemispheric
temperature is then not affected much by not including land ice changes. In the Southern Hemisphere,
the lowest temperature is similar for the coupled and uncoupled simulations, although it is achieved at a
higher global temperature in the uncoupled case. The Southern Hemispheric temperatures are similarly
low because the Antarctic ice sheet grows relatively little in size towards colder-than-PI conditions (see
also Chapter 3). When Antarctica is allowed to melt in warm climates, however, the local temperature
increase becomes much stronger: 12 instead of 6 K with respect to PI. In these conditions, we find that
uncoupling height changes leads to a maximum Antarctic temperature anomaly of only 7 K (Fig. 6.4B,
blue dots). This result implies that surface height changes are more important in Antarctica than in the
high latitudes of the Northern Hemisphere. Since temperature changes are strongest in the Southern
Hemisphere in warmer-than-PI climates, this explains the increased relative importance of the surfaceheight-temperature feedback on ESS in these climates.
Finally, we compare the relation between global temperature and logarithmic CO2 in three model
runs with uncoupled ice (Fig. 6.5). In one the ice sheets are kept at PD condition as before (now called
PD ice, black dots), in another one we use the LGM condition (LGM ice, blue dots), and in the last one
all ice is removed (no ice, red dots). Naturally, the more ice is present on Earth, the colder the climate
becomes, so the LGM ice run is colder than the PD ice run, which in turn is colder than the no ice run.
The difference between the PD ice and the no ice run is fairly uniform over the whole CO2 range. The
difference between the LGM ice and the no ice run, however, is larger in cold climates than in warm
climates as it shrinks from ∼3.5 to ∼1.5 K. This is explained by the extra land ice in the LGM ice
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Figure 6.5: Relation between the logarithm of CO2 divided by the PI value of 280 ppm, and global
temperature anomalies with respect to PI (of the reference run), for the simulation with ice
kept at PD level (black dots), at LGM level (blue dots) and the simulation with all land ice
removed (red dots).

run cooling the climate and increasing the area on Earth covered by snow and sea ice. Consequently,
the land surface has a higher albedo, which cools the climate further. In cold climates this effect is
stronger because the snow- and sea ice-covered area grows more towards the equator, where there is
more incoming solar radiation. As a result, the albedo increase is more effective as it leads to absorption
of more energy, and thus to a stronger temperature decrease.

6.5

Discussion and conclusion

We have presented mutually consistent transient simulations of CO2 , temperature, ice volume and benthic δ 18 O over the past 38 million years. They were obtained using a coupling between a zonally
averaged energy balance climate model and a one-dimensional ice sheet model. A similar coupled ice
sheet-climate model of reduced complexity was introduced by Gallée et al. (1992): the LLN-2D model.
However, in contrast to the LLN-2D model we include the Southern Hemisphere and the Antarctic ice
sheet. Furthermore, we use an inverse routine that yields atmospheric CO2 from an observed benthic
δ 18 O record (Zachos et al., 2008). This allows us to simulate periods further back in time, where CO2
is highly uncertain (Beerling and Royer, 2011), and where the Antarctic ice sheet is very dynamic. This
constitutes a wider simulated range of climates. For a comparison between the results of our model
and the LLN-2D model, the reader is referred to Chapter 3. Our coupled model also represents an
improvement upon the model set-up of De Boer et al. (2010), who used the same ice-sheet model in
stand-alone form to simulate the past 40 Myr (De Boer et al., 2010, 2012). The inclusion of a climate
model enables us to simulate, and force the different ice sheets with, seasonal meridional temperature distributions instead of globally uniform perturbations to present-day climate with a fixed seasonal

92

6.5. Discussion and conclusion

A

B

Figure 6.6: Ice-volume equivalent sea level for the reference simulation, over the past 38 Myr (A), and
over the past 1 Myr (B). In panel B we do not show 40-kyr averages, but the 1-kyr output of
the model.

cycle. Nonetheless, we recognise that our coupled ice sheet-model is relatively simplistic. However,
more sophisticated models, such as GCMs coupled to three-dimensional thermodynamic ice models,
are as of yet not suitable to perform multi-million year integrations, because of limited computer power.
Our results should therefore be seen as a first step in the direction of simulating these time spans with
coupled ice sheet-climate models, thereby identifying interesting phenomena and potential obstacles.
When results of these more sophisticated models are achieved, they can be compared to ours to see
which features appear in the full hierarchy of models and which are specific to more comprehensive
models including more physics.
In our model, the results for CO2 concentrations lower than roughly 450 ppm depend on the transient evolution of CO2 . When during the run the model has previously experienced high CO2 values,
temperatures are higher than when this is not the case. This hysteresis is persistent even in runs without
any change in albedo due to snow-, sea ice- or permanent land ice-cover and without changes in ocean
overturning strength. However, these factors do enhance it. The hysteresis leads to a mismatch in runs
over the past 38 Myr between the CO2 concentrations of the past 800 kyr and the EPICA Dome C proxyrecord. Since this proxy record served as a main target for our model performance (see Chapter 4), we
have re-calibrated the model configuration. We have achieved more satisfactory results by decreasing
ablation in the mass balance parametrisation of the Northern Hemispheric ice sheets. However, we note
that this only increases the temperature thresholds at which these ice sheets glaciate. Therefore, the
δ 18 O - CO2 relation in the new reference run is similar to how it was in Chapter 4, but by increasing the relative contribution of ice volume to the δ 18 O signal. Hence, the δ 18 O - sea level relation is
now different than before. As a consequence, our new reference simulation shows variable Northern
Hemispheric ice sheets starting from the Late Miocene (∼ 10 Myr ago, Fig. 6.6A). Although there is
some evidence from ice-rafted detritus that small ice sheets may have been present on the Northern
Hemisphere already since the Oligocene (Eldrett et al., 2007), periodic mildly severe glaciations, like
we simulate, probably only started 2.8 Myr ago (e.g. Maslin et al., 1998). In addition, our glacial sealevel highstands are very low (∼ 25m below PD, Fig. 6.6B). Whether the hysteresis is an artefact of our
model, or is also exhibited by other models, remains unknown. We therefore suggest that in the future,
climate models should be tested if they inhibit similar behaviour. If so, they should preferentially be
spun-up using high CO2 conditions which remove all ice on Earth, before simulating low CO2 climates.
The relation between temperature and ice volume in our model can roughly be divided into three
regimes (see also De Boer et al. (2010) and Van de Wal et al. (2011)): 1) at low CO2 values, strong
ice volume variability due to dynamic Northern Hemispheric ice sheets, 2) at intermediate CO2 values,
weaker variability, 3) at high CO2 values, strong variability due to a dynamic East Antarctic ice sheet.
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This constitutes a sigmoidal temperature-sea level relation, similar to the data-analysis results of Gasson
et al. (2012). A sigmoidal shape is also apparent in the modeled relation between logarithmic CO2 and
sea level, in agreement with Foster and Rohling (2013). The threshold CO2 value for glaciation of the
Southern Hemisphere is distinctly higher than for the Northern Hemisphere in our model, as was also
found by DeConto et al. (2008). In our model, this is a consequence of lower forcing temperatures, as
the Antarctic ice sheet initiates at higher latitudes.
When ice sheets are kept at PD level, the relation between logarithmic CO2 and global temperature
shows a declining slope. This may be compared to the hybrid data-model results for climate sensitivity of Köhler et al. (2015), as well as to the modeled climate sensitivity of Friedrich (2015). Köhler
et al. (2015) investigated the relation between the radiative forcing of proxy-data CO2 (EPICA community members, 2004; Hönisch et al., 2009) - which is linearly related to logarithmic CO2 (Myhre
et al., 1998) - and modeled global temperature (De Boer et al., 2014a). Friedrich (2015) forced the
intermediate complexity climate model LOVECLIM over the past 800 kyr using the EPICA Dome C
ice-core record (EPICA community members, 2004) and an Northern Hemispheric ice sheet reconstruction (Ganopolski and Calov, 2011). The resulting climate sensitivity of these studies is opposite to
ours, as they show increased climate sensitivity at higher CO2 concentrations. These studies, however,
consider a smaller range of CO2 . Furthermore, their approach is different, as they do take into account
ice volume variations, but compensate for their effect by adding their radiative forcing to the forcing
induced by CO2 variations (see PALAEOSENS Project Members, 2012). Implicitly assumed in their
approach is that these radiative forcings have the same effect on temperature, which may not generally
be the case (Yoshimori et al., 2011). Our findings are in agreement with Ritz et al. (2011), who used a
two-dimensional energy balance climate model that showed an increase of climate sensitivity from 3.0
K per CO2 doubling at PI conditions to 4.3 K at LGM conditions.
Ice volume changes enhance the modeled effect of CO2 on temperature, via the ice-albedo and the
surface-height-temperature feedbacks. As the growth and decay of the Antarctic ice sheet is spread
over a larger range of logarithmic CO2 , this effect is stronger on the low CO2 branch than on the high
CO2 branch. This leads to an increased curve in the ln(CO2 )-temperature relation when land ice is
allowed to vary. We do not find Earth System Sensitivity (ESS) to be constant, opposite to the implicit
assumption in Van de Wal et al. (2011). In fact, in our model ESS is stronger at lower CO2 , similar
to the findings of Hansen et al. (2013), who performed CO2 doubling experiments using the simplified
atmosphere-ocean model of Russell et al. (1995). However, their ESS is consistently higher than what
our model calculates. They eventually also find increased sensitivity again at high CO2 (2480 to 9920
ppm), which is outside the range we simulate during our time span.
Our results further clearly show a non-linear relation between temperatures on both hemispheres,
caused by asymmetric ice sheet-climate interaction. In cooler climates, the Northern Hemispheric ice
sheets change in size, causing large fluctuations in the temperature on this hemisphere. The ice-albedo
feedback is much stronger than the surface-height-temperature feedback in these conditions (see also
Chapter 3). This is reflected in the Northern Hemispheric (40 to 80◦ N), Antarctic (60 to 90◦ S), and
global temperature profiles. Oppositely, in warmer climates the Antarctic ice sheet is more dynamic,
so that temperature changes more strongly on the Southern Hemisphere. Now, the surface-heighttemperature feedback becomes relatively more important. When the ice sheets are kept constant, the
temperature perturbations are more uniformly distributed over the globe. The different response of the
northern and southern high latitudes to CO2 changes challenges the approach of De Boer et al. (2010)
and De Boer et al. (2012), who reconstructed a single high-latitude temperature anomaly. Furthermore,
their record cannot readily be translated to global conditions by a constant factor (as is e.g. done in
Martı́nez-Botı́ et al., 2015b), because the conversion depends on the prevailing climate state. This also
holds for the interpretation of high-latitude proxy data from both marine and ice cores.
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A stronger temperature response to climate change in high latitudes, known as polar amplification,
is observed and simulated in climates colder and warmer than today. However, the transient behavior
of polar amplification on long time scales has received little attention. In this Chapter, we study polar
amplification in five-million-year long transient simulations with the intermediate complexity climate
model CLIMBER-2. These simulations are forced with different combinations of insolation, atmospheric CO2 , and land ice. We find a dependency of polar amplification on land ice volume changes.
Northern Hemispheric polar amplification increases towards colder conditions, because land ice becomes increasingly sensitive to temperature changes. This is only partly compensated by more northwards heat transfer from the equatorial region. Nevertheless, the equatorial region is relatively more
strongly affected than the high southern latitudes, thus polar amplification in the Southern Hemisphere
decreases. This affects the interpretation of the Dome-C temperature record by -0.53 to 0.93 K.

7.1

Introduction

Climate change is typically non-uniformly distributed over the globe. Observational data evidence
shows that polar regions have experienced a stronger temperature increase since pre-industrial times
than lower latitudes (Bekryaev et al., 2010). This phenomenon, called polar amplification, is also captured by climate models. Future projections of these models show that polar amplification will persist
over the next century (Holland and Bitz, 2003; Masson-Delmotte et al., 2006; Bintanja and Van der Linden, 2013; Masson-Delmotte et al., 2013). Many causes of polar amplification have been explicated in
literature: the albedo-temperature feedback caused by change in sea ice cover (Screen and Simmonds,
2010), snow cover (Ghatak et al., 2010), or vegetation (Bhatt et al., 2010); the Planck feedback (Pithan and Mauritsen, 2014); water vapour feedback (Graversen and Wang, 2009); the cloud feedback
(Vavrus, 2004); the lapse-rate feedback (Bintanja et al., 2012); and changes in heat transport from the
atmosphere (Manabe and Wetherald, 1980) and ocean (Alexeev et al., 2005).
On longer time scales also slow processes such as land ice variability play an important role. The
modeled global difference in temperature between the Last Glacial Maximum (LGM; 20 kyr ago) and
pre-industrial (PI) times is amplified by a factor of 2.7±0.3 in the Arctic region (Braconnot et al.,
2012). In warmer climates, such as the Mid-Pliocene Warm Period (mPWP; 3.3 to 2.8 Myr ago), modeled changes in Northern Hemispheric land ice are reduced. This contributes to less pronounced polar
amplification (Haywood et al., 2013). Most studies of polar amplification on long time scales so far,
however, are based on time slice experiments of GCMs (Masson-Delmotte et al., 2013; Haywood et al.,
2013; Goldner et al., 2014) or long-term differences in data (Annan and Hargreaves, 2013; Schmittner
et al., 2011; Bijl et al., 2009). Temporal variability in polar amplification cannot be extracted from
this information. This hinders the interpretation of shorter-term future simulations, as well as the interpretation of high-latitude climate proxies in terms of global changes. One earlier study evaluated
polar amplification over the last glacial cycle using a set of snapshot GCM runs (Singarayer and Valdes,
2010). They found considerable inter-hemispheric differences caused by asymmetric land ice changes.
Unfortunately, long integrations of GCMs over million year time spans are currently not feasible due
to limited computer power. This gap can be filled by the use of models of reduced complexity. For
instance, in Chapter 3 we modeled global climate over the past 800 thousand years using a energy
balance climate model coupled to an ice sheet model. There, we showed that the interaction between
land ice and climate enhanced northern polar amplification by up to 94%, predominantly through the
albedo-temperature feedback.
In this Chapter, we force the climate model of intermediate complexity CLIMBER-2 over the past
five million years. The input consists of a combination of insolation (Laskar et al., 2004), land ice
(De Boer et al., 2014a), and atmospheric CO2 (Van de Wal et al., 2011). We study the role of the
indivual forcings and calculate the polar amplification based on the output. We analyse this as a func-
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Table 7.1: Description of the runs performed with CLIMBER-2 over the past five million years.

Run
O
OI
OG
OIG

Orbital forcing
Laskar et al. (2004)
Laskar et al. (2004)
Laskar et al. (2004)
Laskar et al. (2004)

Ice volume forcing
PI configuration
De Boer et al. (2014a)
PI configuration
De Boer et al. (2014a)

CO2 forcing
280 ppm
280 ppm
Van de Wal et al. (2011)
Van de Wal et al. (2011)

tion of ice volume, and find a decisive role for land ice variability in changing polar amplification over
time in both hemispheres. Finally, we discuss the results and their implication for the interpretation of
high-latitude proxy data. This is illustrated by considering the EPICA Dome-C δ D-derived temperature
record (Jouzel et al., 2007) as a proxy for global temperature change.

7.2

Methods

In this Chapter, we use the intermediate complexity climate model CLIMBER-2 (Petoukhov et al.,
2000), as described in Sect. 2.3. We force the climate model by data on insolation, land ice and CO2
concentrations. To calculate insolation we use the orbital solution of Laskar et al. (2004) (Fig. 7.1A).
The land ice forcing follows from an five-million year run of 3D ice-sheet model ANICE, forced by
benthic δ 18 O (Lisiecki and Raymo, 2005) using the inverse technique described in De Boer et al. (2013,
2014a) (Fig. 7.1B). This run yields geographically specific land ice extent and thickness of the ice sheets
in the Northern Hemisphere and the Antarctic ice sheet. In our setup, ice volume variability influences
the land albedo as well as the surface height, but not the ocean salinity. CO2 concentrations are obtained
from an updated version of the proxy-data composition of Van de Wal et al. (2011) (Fig.7.1C), which
was constructed by inferring a log-linear relation between the Northern Hemispheric temperature derived by De Boer et al. (2014a) and an assemblage of CO2 proxy data. Non-CO2 greenhouse gases are
not taken into account.
We perform four runs over the past five million years (Table 7.1). In one run, we only vary insolation (O). We further vary either land ice (OI) or the CO2 concentration (OG) in two more runs.
In a fourth run, we vary all the input variables (OIG). The input that is not varied is kept constant at
pre-industrial (PI) levels. Throughout this Chapter, we consider 1,000 year averages of the resulting
five million year long time series.

7.3

Results

Taking only insolation variability into account (Fig. 7.1D; red line), annual mean global mean temperature varies only by 0.5◦ C during the whole simulated period. When more input variables are varied, the
fluctuations in the resulting global temperatures are stronger. During the Pliocene period (5 to 2.7 Myr
ago), ice volume variations are weak. Consequently, CO2 is the dominant factor controlling surface air
temperature (Fig. 7.1D; green line). Global mean temperature in the OIG run (Fig. 7.1D; black line)
is up to 1.2◦ C warmer than pre-industrial (PI) during the Pliocene. Because Pliocene CO2 levels in
Van de Wal et al. (2011) are lower than the 405 ppm used for PlioMIP, this temperature increase is
smaller than the 1.8 to 3.6◦ C range calculated by that GCM ensemble (Haywood et al., 2013). A recent model study show that CO2 could have been even higher during the Pliocene (Willeit et al., 2015),
which is supported by the results of Chapter 4, but the exact concentrations remain under scrutiny as
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A

B

C

D

Figure 7.1: Overview of the input used for the CLIMBER-2 runs (A-C), and of the resulting global
temperatures (D). A) June insolation at 65◦ N, from Laskar et al. (2004). B) Ice volume
from De Boer et al. (2013), expressed in meter sea level equivalent with respect to the preindustrial configuration. C) CO2 concentrations from Van de Wal et al. (2011). D) Resulting
annual mean global temperatures in runs O (red), OI (blue), OG (green) and OIG (black).
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Figure 7.2: Modeled difference in zonally-averaged surface air temperature between LGM and PI for
the OIG run (red line), compared to the data reconstruction by Annan and Hargreaves (2013)
([AH13]; blue line with error margin).

some proxy data indicate lower concentrations (Pagani et al., 2010; Badger et al., 2013). At around 2.7
Myr ago, glacial inception in the Northern Hemisphere causes ice volume variations to become much
larger (Fig. 7.1D; blue line). From then on they exert a larger control on surface air temperature than
CO2 . Global temperature decreases to about 4◦ C below PI during the last four glacials. Most of the
cooling is confined to the polar regions, a phenomenon known as polar amplification. The global mean
temperature difference between the Last Glacial Maximum (LGM) and PI, as well as the latitudinal
distribution, is in agreement with a recent data reconstruction (Annan and Hargreaves, 2013) (Fig. 7.2).
Plotting polar temperatures against global mean temperatures and fitting a least-squares regression, we quantify polar amplification as the resulting slope (Fig. 7.3). We take the 40 to 80◦ N average
temperature to represent the northern polar region, and the 60 to 90◦ S average for the Antarctic region. These are roughly the areas where the ice sheets grow. Polar amplification need not be contant
in time, but can be dependent on many controlling factors. Averaged over the whole simulated five
million year period, we find polar amplification factors of 2.09 for the Northern Hemisphere and 1.25
for Antarctica for the OIG run. To test the dependency of polar amplification on ice volume, we bin the
data in classes of 1 meter sea level equivalent (m.s.l.e.) ice volume and perform the polar amplification
analysis for each of these bins if they contain at least five data points. This provides polar amplification
factors as a function of ice volume (Fig. 7.4). The uncertainty in these factors, which is determined
by the standard deviation of each regression, is considerable at large ice volume where the bins contain a relatively small amount of data points. Nevertheless, in the OIG run a significant decrease of
polar amplification with increasing ice volume is shown in Northern Hemisphere, while the opposite
holds for Antarctica (Fig. 7.4; orange). Fitted least-squared regressions show slopes of -0.0051±0.0005
m.s.l.e.−1 and 0.0054±0.0005 m.s.l.e.−1 respectively. For the OG run, the data is binned according to
the OIG input, as if these ice volume changes were also present in the OG run. In this run, the polar
amplification shows a strongly decreased slope with ice volume (Fig. 7.4; blue), so polar amplification
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A

B

Figure 7.3: Relation between global mean temperature anomalies from PI and A) northern polar temperature anomalies (40 to 80◦ N), and B) Antarctic mean temperature anomalies (60 to 90◦
S). The color of the dots represent the CO2 concentration at this point in time (see inset for
scale).

is much less variable if ice volume is kept at PI configuration. Comparing the O and OI runs, we see a
similar difference (not shown). Furthermore, the same qualitative behavior is visible when, instead of
ice volume, CO2 is taken as the variable on the x-axis (Fig. 7.5). These results indicate that indeed the
magnitude of polar amplification is altered over time by changes in land ice volume.
Most of the simulated changes in ice volume take place in the Northern Hemisphere. These ice
sheets in the Northern Hemisphere grow increasingly faster towards colder, glacial regimes (Fig. 7.6A).
As a consequence, albedo and surface height increase in the higher northern latitudes. Hence, polar amplification increases towards colder climates in the Northern Hemisphere. However, not only the Northern Hemisphere is affected by this effect. Due to cooling of the high northern latitudes, the equator-topole temperature gradient grows, leading to more transport of heat towards the north (Fig. 7.6B, red).
The equatorial region therefore also cools faster, albeit to a lesser extent than the high northern latitudes.
This is only partly compensated by decreased heat transport towards the south (Fig. 7.6B, blue). The
Antarctic ice sheet grows far less in size, so the albedo-temperature acts less strongly to amplify cooling
in the Southern Hemisphere. Consequently, the Antarctic region cools increasingly slower relative to
the rest of the globe. Hence, polar amplification in the Southern Hemisphere decreases (Fig. 7.4B),
opposite to the increased polar amplification in the Northern Hemisphere (Fig. 7.4A).

7.4

Discussion and conclusions

The grid cell with maximal annual average temperature difference between LGM and PI show values
of 11.1 K in the Northern Hemisphere and 6.6 K in the Southern Hemisphere. The global average difference is 3.8 K, slightly lower than the 4.4 to 7.2 K found by Schneider von Deimling et al. (2006),
because here we do not take into account non-CO2 greenhouse gases and atmospheric dust content.
Within uncertainties, the modeled LGM-PI difference is in agreement with a recent data reconstruction
(Annan and Hargreaves, 2013) as well as the results of seven models presented in the 2013 IPCC Report
Masson-Delmotte et al. (2013). Using our simulated data of the full five million year simulations, we
have demonstrated in a robust manner that polar amplification is variable over time, and varies differently for the Northern and Southern Hemisphere. The influence of land ice changes determines this
behavior, since in runs with non-changing PI ice sheets, polar amplification is constant and similar for
both hemispheres. This is in agreement with the results of Singarayer and Valdes (2010), who studied
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A

B

Figure 7.4: Polar amplification factors as a function of ice volume binned in 1 m.s.l.e. intervals for A)
the northern polar region (40 to 80◦ N) and B) the Antarctic region (60 to 90◦ S), for the
OG run (blue) and the OIG run (orange). The factors are obtained by taking the slope of
a least squares regression of polar temperature anomalies from PI as a function of global
temperature anomalies from PI (see Fig. 7.3). Error bars indicate the standard deviation of
this regression. The thick lines represent a least-squares regression of the polar amplication
factors. For the OG run, the data is binned according to the OIG input, as if these ice volume
changes were also present in the OG run.

A

B

Figure 7.5: Polar amplification factors as a function of CO2 concentration binned in 1 ppm intervals for
A) the northern polar region and B) the Antarctic region, for the OG run (blue) and the OIG
run (orange). The factors are obtained by taking the slope of a least squares regression of
polar temperature anomalies from PI as a function of global temperature anomalies from PI
(see Fig. 7.3). Error bars indicate the standard deviation of this regression. The thick lines
represent least-squares regressions of the polar amplication factors.
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A

B

Figure 7.6: A) Global ice volume, and B) atmospheric transport towards the northern polar region (red)
and the Antarctic region (blue), as a function of global temperature. The thick dashed lines
represent 2nd order polynomial fits.

the transient evolution of polar amplification over the last glacial cycle using snapshot simulations of a
GCM. In their fully forced runs, they also found that the Southern Hemisphere showed opposite behavior to the Northern Hemisphere, but only during certain time intervals. However, they did not look for
a specific dependency on land ice. We find that in our model Northern Hemispheric polar amplification
increases towards glacial climates as a result of stronger ice volume variability. Our oppositely affected
Antarctic polar amplification is caused by an asymmetry in atmospheric energy transport between both
hemispheres.
This result necessitates reconsideration of the interpretation of proxy temperature data from high
latitudes. As an illustration, we consider the EPICA Dome-C δ D-derived temperature record (Jouzel
et al., 2007). This has been suggested to be a proxy for global temperature anomalies when divided by
a factor of two (Masson-Delmotte et al., 2006). For the temperature at LGM, this gives a reasonable
result as Dome-C shows a 9.2 K decrease, implying a 4.6 K global temperature reduction. However,
here we show that polar amplification increases by ∼50% towards pre-industrial climates compared to
LGM conditions (Fig. 7.5). In order to correct the Dome-C temperature record, we interpolate the CO2
and temperature record linearly to 1000-yr resolution. We then apply our obtained polar amplification
function, that is linearly dependent on CO2 , to the temperature record. We scale the polar amplification
factor to be 2.0 at the representative LGM value of 189 ppm. This approach leads to significant differences with the default interpretation of this proxy (Fig. 7.7). During interglacials, when we compute
stronger polar amplification and temperature anomalies are positive, we largely obtain colder temperatures (0.53 K at maximum) than the default method. Towards glacial climates, the temperature anomaly
becomes increasingly negative, so that we simulate warmer temperatures. However, the difference in
polar amplification between the default and our new approach reduces. Together, these two factors determine the timing of the our maximal warmer temperatures. Therefore, this maximum difference of
0.93 K is attained in-between interglacial and full glacial conditions. The relative difference between
both interpretations is maximally 34%. Although this is the result of a single model, and investigation
of this effect using more models is desirable, our results indicate that the interpretation of high latitude
data from ice cores and marine cores as proxy for global conditions needs reconsideration.
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Figure 7.7: Interpretation of the EPICA Dome-C δ D-derived temperature record (Jouzel et al., 2007)
as proxy for global temperature anomalies in the default manner (red, left y-axis scale) and
in the corrected manner proposed in this study (see text) (blue, left y-axis scale), and the
difference between both approaches (green, right y-axis scale).
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We have developed a coupled climate-ice sheet model. This model was first run in forward mode,
forced by prescribed CO2 , over the past 800 kyr for benchmarking purposes. Thereafter, an inverse
routine was used to yield CO2 from a forcing benthic δ 18 O record. In this inverse mode, the model
was first run over the past 5 Myr, and then over the past 38 Myr. Focus points of these studies were
the influence of ice sheet-climate interaction on Earth System Sensitivity and polar amplification. In
addition, the effect of a changing height of the Antarctic continent on the simulated CO2 was studied.
Lastly, the intermediate complexity climate model CLIMBER-2 was used to further investigate polar
amplification over the past 5 Myr. In this Chapter, we summarise all the experiments that we have
performed. We organise the main conclusions of the different studies in this thesis by answering the
research questions posed in the introduction. Furthermore, we discuss the insights we have gained with
respect to earlier work. Finally, we provide directions for future research based on the limitations of
our study.

8.1

Summary

In this thesis, we have developed a coupling between a zonally averaged energy balance climate model
(Bintanja, 1997) and a one-dimensional ice sheet model equipped with a method of calculating benthic
δ 18 O (De Boer et al., 2010). In Chapter 3 (Stap et al., 2014), we first ran this coupled model in forward
mode, using prescribed CO2 from ice core data (EPICA community members, 2004), over the past 800
kyr. The model was tuned to yield sea level in accordance with a Red Sea sediment data reconstruction
(Rohling et al., 2009) (r2 of 0.71, root mean square error (RMSE) of 31.8 m). We showed that the
model produces results in good agreement with a recent data reconstruction of the Last Glacial Maximum (LGM) to pre-industrial (PI) temperature difference (Annan and Hargreaves, 2013), and several
temperature records from ice cores (Johnsen et al., 1995; Jouzel et al., 2007) and marine sediment cores
(Elderfield et al., 2012). Consequently, we included an inverse routine in the model, that yields the
CO2 concentrations needed to simulate benthic δ 18 O in coherence with a forcing observational record
(Lisiecki and Raymo, 2005; Zachos et al., 2008; Cramer et al., 2009). In this manner, benthic δ 18 O is
systematically deconvoluted into temperature and sea level records, and moreover these records are in
mutual agreement with the inversely simulated CO2 concentrations. Therefore, using this technique we
are able to reconcile benthic δ 18 O with CO2 , temperature and sea level. This provides an interpretation
of the benthic δ 18 O signal in terms of temperature and sea level, and indicates apparent consistencies
and inconsistencies with proxy data of CO2 , temperature and sea level. Inclusion of the climate model
in the coupled setup, and modification of the inverse routine to yield CO2 , represents a significant improvement on earlier work using a stand-alone ice sheet model forced by an inverse routine (De Boer
et al., 2010, 2012). We acquire a more comprehensive view of global climate, because we calculate
seasonal meridional temperature distributions rather than globally uniform perturbations to present-day
climate. In addition, CO2 is integrated in the simulated system, rather than externally calculated assuming a constant log-linear relation between CO2 and atmospheric temperature (Van de Wal et al., 2011).
We can therefore obtain Earth System Sensitivity (ESS) from the model instead of implicitly prescribing it. Moreover, we can perform simulations with ice sheet-climate interaction switched on and off,
which allows us to quantify the influence of ice sheets on the climate. The relative simplicity of the
model renders it suitable for multi-million year transient simulations of global climate and all major ice
sheets, which is an advantage over more comprehensive coupled ice sheet-climate models (e.g. Ladant
et al., 2014; Gasson et al., 2016). We used the coupled model in inverse mode in Chapter 4 to 6 (Stap
et al., 2016a,d,c) to study the climate of the past 38 Myr. Finally, in Chapter 7 (Stap et al., 2016b), we
used the intermediate complexity climate model CLIMBER-2 (Petoukhov et al., 2000). We analysed
four model runs with different forcing combinations of insolation (Laskar et al., 2004), atmospheric
CO2 (Van de Wal et al., 2011), and land ice (De Boer et al., 2014a).
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8.2

Conclusions

In this section, we will present our main conclusions by answering the research questions that were
posed in Chapter 1.
• What is the influence of ice sheet-climate interaction on global temperature, and the relation
between CO2 and global temperature, i.e. Earth System Sensitivity?
Via the ice-albedo and the surface-height-temperature feedbacks, ice sheet variability strengthens the influence of CO2 on global temperature. The effect can roughly be divided into three
regimes (see also De Boer et al. (2010)): a cold regime where the North American (NaIS) and
Eurasian (EuIS) ice sheets experience large size changes, an intermediate regime, where only
the smaller West Antarctic (WAIS) and Greenland (GrIS) ice sheets are dynamic, and a warm
regime where the large East Antarctic ice sheet (EAIS) grows and decays. We found that towards
colder-than-PI climates (∼ 180 to 280 ppm CO2 ) ice volume changes enhance global temperature anomalies with respect to PI by 4% per 106 km3 of ice, leading to a factor 2.6 increase
of the global temperature anomaly in full glacial conditions. Acting alone, the ice-albedo and
surface-height-temperature feedbacks contribute 3% and 0.7% per 106 km3 of ice respectively,
meaning the former is dominant (Chapter 3). Ice volume changes decrease in slightly warmer
climates with higher CO2 (∼ 280 to 450 ppm), as the NaIS and EuIS have already disappeared,
but the EAIS is still in a dynamical stable state. This means that the enhancement of Earth System Sensitivity (ESS) is much less pronounced (Chapter 4). In the warm regime (∼ 450 to 1000
ppm), variability of the EAIS enhances global temperature anomalies with a maximum of 17%
with respect to PD. The effect of the surface-height-temperature feedback is relatively stronger
than in the cold regime, as only including albedo changes leads to a mere 9% increase of this
maximum anomaly. Albedo changes are less strong in the Southern Hemisphere, because the
ice-free land remains snow covered for a large part of the year (Chapter 6).
• What is the influence of ice sheet-climate interaction on the meridional distribution of atmospheric temperature, i.e. polar amplification?
The influence of ice sheets on temperature is strongest in the high-latitude regions where they
grow, hence they lead to enhanced polar amplification. In cold regimes, ice sheet changes are
largest in the Northern Hemisphere. Here, they enhance the ratio of Northern Hemispheric (40
to 80◦ ) to global temperature change by 94%. Similar to the ESS enhancement, the ice-albedo
feedback is dominant as it contributes 60%, while the surface-height-temperature feedback only
contributes 28% (Chapter 3). In warmer regimes, the largest ice sheet changes occur in the
Southern Hemisphere. Including ice sheet-climate interaction leads to an increase of the maximum Southern Hemispheric (60 to 90◦ ) temperature anomaly with respect to PI from 6 to 12 K.
When only albedo changes are transferred to the climate model, this temperature anomaly becomes only 7 K, meaning the surface height-temperature feedback predominates the ice-albedo
feedback (Chapter 6). An analyses of polar amplification in the more sophisticated intermediate
complexity climate model CLIMBER-2 shows that land ice variability induces changes in polar
amplification over the past 5 Myr. In the Northern Hemisphere, polar amplification increases towards colder conditions by 0.0064 per ppm CO2 , because the land ice is increasingly sensitive to
temperature changes (see also De Boer et al. (2013, 2014a)). This leads to an oppositely affected
polar amplification in the Southern Hemisphere, which becomes less strong towards cold conditions (−0.0044 per ppm CO2 ), because the decreased temperature in the Northern Hemisphere
is only partly compensated by increased northward atmospheric heat transfer (Chapter 7).
• What CO2 and sea level records do we simulate, and are these reconcilable with proxy-data
reconstructions?

109

8. Conclusions and outlook

Using the coupled model in inverse mode, we first simulated the past 5 Myr, using the stacked
benthic δ 18 O record of Lisiecki and Raymo (2005) as input. The inverse routine was tuned to
produce CO2 over the past 800 kyr that matches the EPICA Dome C proxy-CO2 record (EPICA
community members, 2004). On the original 1-kyr resolution an r2 of 0.59, and a RMSE of 26
ppm were achieved. When 20-kyr running averages of both model results and data are considered, this agreement increases to an r2 of 0.73, and a RMSE of 18 ppm. The bias is -3.9 ppm. In
warmer Pliocene climates, the ESS is reduced due to a restricted role of land ice changes. This
leads to higher (300 to 470 ppm) and more variable CO2 than is expected from global mean temperature changes during this time. These features are in broad agreement with what δ 11 B-based
proxy-CO2 data (e.g. Martı́nez-Botı́ et al., 2015b; Bartoli et al., 2011) suggest, but contradictory to alkenone-based proxy-CO2 records (e.g. Badger et al., 2013; Pagani et al., 2010). When
the model is reconfigured to yield larger fluctuations in sea level during the Pliocene, more in
line with some data records (e.g. Miller et al., 2012), we still simulate higher and more variable
Pliocene CO2 , albeit less pronounced (Chapter 4). Hereafter, we simulated the past 38 Myr
forced by the stacked benthic δ 18 O record of Zachos et al. (2008). This experiment shows that
hysteresis in the CO2 -global temperature relation simulated by the coupled model leads to much
lower CO2 concentrations during the past 5 Myr than in the earlier 5-Myr run. The new simulation is not in good agreement with the EPICA Dome C record anymore (-47.7 ppm bias), which
necessitated us to re-calibrate the model by increasing the ablation thresholds for the NaIS, EuIS
and GrIS, reducing the bias to -6.9 ppm. The modeled CO2 concentrations of the Late Eocene
to Miocene are highly dependent on the uncertain ablation threshold of the EAIS (Chapter 6).
By adjusting this parameter, the CO2 can be tuned to match the low values of proxy-data from
the Mid-Miocene Climatic Optimum (MMCO) (Pagani et al., 1999; Foster et al., 2012; Greenop
et al., 2014; Kürschner et al., 2008) or high values from right before the Eocene-Oligocene Transition (EOT) (Pagani et al., 2011; Pearson et al., 2009; Retallack, 2009). However, our model is
incapable of simulating the difference in CO2 between these two time periods that is suggested
by proxy data, because the forcing benthic δ 18 O values are similar (Chapter 5).
• What factors could induce a change in the construction of the benthic δ 18 O signal over time,
and affect the relation between CO2 and benthic δ 18 O?
A factor that could change the relation between CO2 and benthic δ 18 O, and thereby explain
the apparent conundrum of similar δ 18 O but different CO2 concentrations during the MMCO
and before the EOT, is erosion and/or tectonic movement of Antarctica. We explored this factor
by implementing a gradually decreasing Antarctic bedrock height in the model, from a 520 to
790 m higher bedrock at the EOT (based on the eroded volumes in Wilson et al. (2012)) to a PD
bedrock height at the MMCO or at PD. A higher surface generally experiences lower atmospheric
temperatures because of the lapse rate effect. Therefore, the Antarctic continent glaciates already
at higher CO2 at the EOT. In addition, land ice volume contributes a smaller part to the benthic
δ 18 O anomaly with respect to PD at every CO2 value relative to deep-sea temperature. When
the bedrock is lowered over time, CO2 also needs to be lowered to maintain the same benthic
δ 18 O values. The increased glaciation threshold of the EAIS is, however, strongly determined
by the maximum height of the continental cone in the ice sheet model. If instead of applying
a uniform height increase, this peak height is kept constant and only the slope of the Antarctic
continent is reduced, simulated EOT CO2 is much lower. In that case, the relation between CO2
and benthic δ 18 O, and the construction of the benthic δ 18 O signal, are less strongly altered over
time (Chapter 5).
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Our approach improves upon the work of De Boer et al. (2010, 2012), who made a model reconstruction
of temperature and ice volume over the past 40 Myr, by including a climate model in the model setup.
This has allowed us to quantify the influence ice sheet-climate interactions on the simulated temperature and ice volume. The results of this thesis indicate that ice sheets have a strong local effect on
temperature, leading to increased polar amplification. Since ice sheet changes are asymmetric between
the Northern and Southern Hemisphere - Antarctica already glaciates in warmer global conditions (see
Chapter 1) - this causes the meridional distribution of temperature perturbations to change over time.
Furthermore, global temperature changes have unequal amplitudes as a result of CO2 and/or insolation
forcing in different climatic regimes. A single high-latitude temperature anomaly to force ice sheets
on both hemispheres, as was used in De Boer et al. (2010, 2012), therefore needs reconsideration. In
any case, such an anomaly cannot simply be transformed to a global signal assuming a constant polar amplification factor. Furthermore, our integrated ice sheet-climate approach incorporates CO2 as a
prognostic variable in the simulated system. The effect of CO2 on global temperature, i.e. ESS, has
now been assessed from the model output. We have shown that ESS is not constant, as was implicitly
assumed by Van de Wal et al. (2011), and depends on the sensitivity of ice sheets to temperature change
in the prevailing climate state.
The CO2 we simulate over the past 5 Myr is dependent on whether the model has previously experienced high CO2 values during the run. Even after re-calibration, CO2 values are lower in the long
38-Myr runs than in the 5-Myr run during this time. It remains debatable which simulation is the most
veracious. On the one hand, the long simulation carries a longer memory, which would be closer to the
state of the actual climate system. On the other hand, it is uncertain how accurately our climate model
simulates very warm climates; the climate model is designed and tested for PD and LGM climates
(Bintanja and Oerlemans, 1996). This argument favours the shorter 5 Myr run as the more trustworthy
result.
Apart from this issue, the CO2 simulated by our modeled system becomes progressively uncertain
on longer timescales, as more processes that are neglected or only crudely captured become increasingly important. In Chapter 6, we have explored erosion and tectonics in a conceptual fashion (Wilson
et al., 2012; Gasson et al., 2015). Other potentially important factors include dynamic vegetation (e.g.
Knorr et al., 2011; Liakka et al., 2014), and dynamic topography (e.g. Mitrovica and Milne, 2003;
Kendall et al., 2005). One approach for future research is to include some or all of these processes in
the model. Taking this approach, the level of complexity of modelling these processes should be chosen
carefully, as including too much detail would reduce the merit of this model: computational quickness.
Ultimately, coupling the model to a carbon cycle model (e.g. BICYCLE (Köhler and Fischer, 2004))
would be beneficial, because then the evolution of CO2 cannot only be modeled but also understood in
terms of sources and sinks of CO2 .
Alternatively, the level of complexity of the processes that are already modeled can be increased.
For instance, the ice sheet model can be replaced with a more sophisticated three-dimensional thermodynamical ice sheet model, that models both grounded and floating ice using the Shallow Ice Approximation (SIA) and Shallow Shelf Approximation (SSA). Topography can be modeled more realistically in such models. The climate model can be switched to one of intermediate complexity such
as CLIMBER-2, or a General Circulation Model (GCM), although presently GCMs can only be used
for snapshot simulations. Among other things, zonally varying temperatures can be simulated by these
models, which would allow for better differential forcing of the NaIS and EuIS, and of the WAIS and
EAIS. In addition, the calculation of benthic δ 18 O can be improved by considering trajectories of the
snow falling on ice sheets, which influences their isotopic content (Chapter 1). This would lead to a better understanding of the benthic δ 18 O signal. Lastly, the modeled benthic δ 18 O can be constructed in
the same way as the forcing stack, meaning it can be composed of the δ 18 O signal at the same locations
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as the stacks marine sediment cores instead of using global/Northern Hemispheric average deep-sea
temperatures. Results of CLIMBER-2 show that this could have a significant effect on the simulated
benthic δ 18 O (Willeit et al., 2015).

112

Bibliography
Abe-Ouchi, A., Saito, F., Kawamura, K., Raymo, M. E., Okuno, J., Takahashi, K., and Blatter, H.
(2013). Insolation-driven 100,000-year glacial cycles and hysteresis of ice-sheet volume. Nature,
500(7461):190–193.
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