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Abstract

Methane (CH4) represents one of the key compounds in the global carbon (C) cycle. A major 
part of the CH4 in the Earth system is produced in marine sediments by methanogenesis, the 
final step in the gradual fermentation of organic matter deposited on the seafloor. Once emitted 
to the atmosphere, CH4 acts as a powerful greenhouse gas. Despite high rates of methanogenesis 
in continental shelf and slope environments, the ocean today contributes only a relatively small 
amount of this potent greenhouse gas to the global atmospheric budget. The low atmospheric CH4 
efflux from the ocean is largely due to the effective biological removal of dissolved CH4 through 
anaerobic oxidation with sulfate (SO4

2-) in marine sediments. This removal of pore water CH4 
occurs within a distinct sulfate/methane transition zone (SMTZ), preventing the large amounts of 
CH4 generated in marine sediments from escaping to the water column. The relevant pathways and 
the environmental factors that control the rates of CH4 oxidation in marine sediments are, however, 
still incompletely understood. In some settings, for example, pore water CH4 is found throughout 
the SO4

2- bearing zone, pointing towards an inefficient CH4 oxidation by SO4
2- in certain marine 

environments. Other more recent findings further indicate that nitrate and nitrite, as well as metal 
oxides (e.g. manganese and iron (Fe) oxides) can enhance the conversion of CH4 to CO2 in the 
absence of oxygen. Sulfate may thus not be the only electron acceptor used by microorganisms 
to oxidize CH4 in anoxic sediments, but knowledge about the significance of additional electron 
acceptors for the global CH4 cycle is still lacking. In addition, little is known about how CH4 
oxidation may impact the marine cycling of Fe and phosphorus (P), both key nutrients for oceanic 
phytoplankton.

This thesis aims to refine our understanding of the potential impacts and controls of CH4 
oxidation in marine sediments. In particular, it discusses how anaerobic oxidation of CH4 affects 
the sequestration and sedimentary records of Fe and P, using a wide range of geochemical tools. 
The results presented here also demonstrate that climate change and anthropogenic nutrient loading 
may alter the position and efficiency of the CH4 oxidation barrier in coastal sediments, which in 
turn could lead to increased atmospheric CH4 emissions from the coastal ocean.
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 1Chapter 1:

General introduction and thesis outline

1.1 General background

Since the industrial revolution, atmospheric concentrations of the greenhouse gases carbon dioxide 
(CO2) and methane (CH4) have increased by > 40 % and > 150 %, respectively (Ciais et al., 2013). 
This unequivocal alteration of the global carbon cycle resulted in a warming of Earth’s climate 
system unprecedented for at least the past 66 million years (Zeebe et al., 2016). It is estimated that 
CH4 contributes up to ~ 20-30 % to the global warming effect (Denman et al., 2007), due to its 
strong radiative forcing of 28-34 times that of CO2 on a centennial time scale (Myhre et al., 2013). 
The main sources of atmospheric CH4 include wetlands, rice fields, livestock, landfills, forests, 
termites, as well as freshwater and marine sediments, where CH4 is produced by the degradation of 
organic matter in a process called methanogenesis (Denman et al., 2007; Reeburgh, 2007).

Interestingly, the ocean contributes only a relatively small amount (< 2 %) of CH4 to the 
atmospheric budget (Reeburgh, 2007), despite high amounts of biogenic debris accumulating 
on the seafloor. Once deposited, the organic matter is gradually mineralized by a broad range of 
microorganisms that are capable of using different electron acceptors for the oxidation of organic 
matter. This degradation typically results in distinct microbial and chemical zones below the 
sediment surface, following a cascade of decreasing free energy yield (Froelich et al., 1979) (Fig. 
1.1 and Table 1.1). In ocean margin sediments, organoclastic sulfate (SO4

2-) reduction is generally 
the dominant pathway of anaerobic respiration (Bowles et al., 2014; Jørgensen, 1982). The high 
affinity of SO4

2- – reducing bacteria to hydrogen (Kristjansson et al., 1982) and acetate (Schönheit 
et al., 1982) allows them to successfully outcompete methanogens for these common substrates. 
Consequently, CH4 typically does not accumulate in the pore water until sediments become 
depleted in dissolved SO4

2-. Below the SO4
2- – bearing zone, methanogenesis takes over, resulting in 

a buildup of CH4 at depth in the sediment and subsequent upward diffusion towards the sediment 
surface.

At the sulfate/methane transition zone (SMTZ), where opposing diffusive fluxes of SO4
2- and 

CH4 meet, anaerobic oxidation of CH4 with SO4
2- (SO4-AOM) takes place:

CH4 + SO4
2- → HS- + HCO3

- + H2O                    (I)

This biological removal of CH4 around the SMTZ, a process initially regarded as a biogeochemical 
curiosity, thus functions as an important sink for oceanic CH4 by consuming > 90 % of all CH4 
produced in marine sediments (Knittel and Boetius, 2009; Reeburgh, 2007). The underlying 
mechanism of SO4

2- – mediated CH4 oxidation has not yet been fully resolved, but current knowledge 
suggests that it is most likely performed through a syntrophic relationship between methanotrophic 
archaea and SO4

2- reducing bacteria (Boetius et al., 2000; Hoehler et al., 1994; Knittel and Boetius, 
2009; Reeburgh, 2007). Possible cooperative metabolic strategies between the CH4 oxidizing archaea 
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Process Chemical reaction

Aerobic respiration (CH2O)106(NH3)16(H3PO4) + 138 O2 → 106 CO2 + 16 HNO3 + H3PO4  + 122 H2O
Denitrifi cation (CH2O)106(NH3)16(H3PO4) + 84.8 HNO3 → 106 CO2 + 42.4 N2 + 16 NH3 + H3PO4 + 148.4 H2O

Manganese reduction (CH2O)106(NH3)16(H3PO4) + 236 MnO2 + 472 H+ → 236 Mn2+ + 106 CO2 + 8 N2 + H3PO4 + 366 H2O
Iron reduction (CH2O)106(NH3)16(H3PO4) + 424 FeOOH + 848 H+ → 424 Fe2+ + 106 CO2 + 16 NH3 + H3PO4  + 742 H2O
Sulfate reduction (CH2O)106(NH3)16(H3PO4) + 53 SO4

2- → 106 CO2 + 16 NH3 + 53 S2- + H3PO4  + 106 H2O
Methanogenesis (CH2O)106(NH3)16(H3PO4) → 53 CO2 + 53 CH4 + 16 NH3 + H3PO4 

and the SO4
2- reducers include the transfer of reducing equivalents via diff usible metabolites 

(Hoehler et al., 1994; Meyerdierks et al., 2010; Moran et al., 2008), through the syntrophic 
transfer of elemental sulfur (S0) (Milucka et al., 2012), or via direct interspecies electron 
transfer (DIET) (McGlynn et al., 2015; Scheller et al., 2016; Wegener et al., 2015) (Fig. 1.2).
 Observations of large overlaps between pore water CH4 and SO4

2-, with CH4 even tailing 
up to the sediment surface, however, suggest that AOM forms an ineffi  cient oxidation 

oxic
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Fig. 1.1 | Organic matter degradation in marine sediments typically results in distinct microbial and chemical 
zones below the sediment surface (modifi ed from Froelich et al. (1979) and Burdige (2006)), following a cascade of 
decreasing energy yield (see also Table 1.1). Th e results presented in this thesis indicate that reactions between pore 
water CH4 and sedimentary Fe oxides may represent a possible mechanism for the increase in dissolved Fe2+ frequently 
observed at depth in methanogenic sediments.

Table 1.1| Major organic matter remineralization processes in marine sediments shown in Fig. 1.1, aft er Froelich et al. 
, (1979).
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barrier in certain marine environments (Devol et al., 1984; Iversen and Jørgensen, 1985; 
Jørgensen et al., 2001; Knab et al., 2009; Piker et al., 1998; Th ang et al., 2013; Treude et 
al., 2005). A better understanding of this sluggish microbial turnover of pore water CH4 
is needed to predict how methanotrophic (i.e. CH4 oxidizing) communities will respond 
to potential rapid addition of CH4 to the pore waters in the future (Dale et al., 2008), for 
example as a result of destabilization of temperature-sensitive clathrate reservoirs, sub-sea 
permafrost or increased organic matter deposition due to anthropogenic eutrophication.

One type of anaerobic CH4 oxidizing archaea known as ANME-2 has recently been shown to 
grow nonsyntrophically using soluble ferric iron (Fe3+) complexes as the electron acceptors (Scheller 
et al., 2016). Th e large multi-haem cytochromes (proteins mediating electron transport) in the 
genomes of ANME-2 archaea indicate that these organisms should also be able to respire solid iron 
(Fe) oxides through extracellular electron transfer involving conductive multi-haem cytochrome 

CH4

Fe2+

H2S

SO4
2-

CO2

Methane-oxidzing 
archaea

Sulfate-reducing 
bacteria

e- e-

Di�usible 
metabolites

CH4

H2S

SO4
2-

CO2

Methane-oxidzing 
archaea

Sulfate-reducing 
bacteria

e-

Fe2+

CH4

CO2

Methane-oxidzing 
archaea

e-

HS2
-

HS-

S0

CH4

H2S

SO4
2-

CO2

Methane-oxidzing 
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Sulfate-reducing 
bacteria

e- e- Extracellular 
e- transfer

Fe3+

e-

Fe3+

Fe2+

Fe oxide 
crystal

Extracellular 
e- transfer

a

c

b

d

e

Fig. 1.2 | Postulated potential strategies of microbial anaerobic oxidation of CH4 with SO4
2- and ferric Fe (Fe3+) 

(modifi ed from Wagner (2015) and Rotaru and Th amdrup (2016)). (a) Th e electrons (e-) are transferred from the 
methanotrophic archaea to SO4

2- reducing bacteria through the production and consumption of diff usible metabolites, 
such as hydrogen, formate or methyl sulfi des, for example (Hoehler et al., 1994; Meyerdierks et al., 2010; Moran et 
al., 2008). (b) Th e methanotrophic archaea oxidize CH4 but also reduce SO4

2- to zero-valent S (S0), which is exported 
or diff uses outside the cell. In the presence of environmental sulfi de, S0 forms disulfi de (HS2

-, among others), which 
is taken up by the SO4

2- reducing bacteria and disproportionated to SO4
2- and sulfi de (Milucka et al., 2012). (c) Th e 

electrons of CH4 oxidation are transferred directly to a SO4
2- reducing partner involving conductive multi-haem 

cytochrome proteins and/or so-called pili appendages (McGlynn et al., 2015; Wegener et al., 2015). (d) One type of 
anaerobic CH4 oxidizing archaea known as ANME-2 has recently been shown to grow nonsyntrophically using 
soluble Fe3+ complexes as the electron acceptors (Scheller et al., 2016). e Th e large multi-haem cytochromes (proteins 
mediating electron transport) in the genomes of ANME-2 archaea further indicate that the latter should also be able to 
respire solid Fe oxides through extracellular electron transfer (McGlynn et al., 2015; Scheller et al., 2016). Th is pathway 
of CH4 oxidation, however, remains to be shown.
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proteins and/or so-called pili appendages (McGlynn et al., 2015; Rotaru and Thamdrup, 2016; 
Scheller et al., 2016; Wagner, 2015; Wegener et al., 2015) (Fig. 1.2). This is in accordance with recent 
geochemical evidence for Fe-mediated AOM (Fe-AOM) from field studies in a variety of aquatic 
environments (Amos et al., 2012; Beal et al., 2009; Crowe et al., 2011; Riedinger et al., 2014; Segarra 
et al., 2013; Sivan et al., 2011; Wankel et al., 2012), where the following reaction is proposed (Beal et 
al., 2009):

CH4 + 8Fe(OH)3 + 15H+ → HCO3
- + 8Fe2+ + 21H2O                    (II)

Environmental conditions that may favor Fe-AOM in marine systems are still poorly 
understood. The required concurrent presence of pore water CH4 and abundant reducible Fe oxides 
suggests that the process may occur in sediments that receive a relatively high input of Fe oxides 
compared to the in situ production of sulfide, which could allow a portion of the Fe oxides to escape 
the conversion to authigenic Fe sulfides and to remain preserved in methanogenic sediments below 
the zone of SO4

2- reduction and even below the zone of free sulfide. In addition, perturbations 
inducing nonsteady-state diagenesis such as anthropogenic eutrophication or climate change 
may also create diagenetic environments that are likely favorable for a coupling between Fe oxide 
reduction and CH4 oxidation, as they provide a mechanism for the burial of Fe oxide-rich deposits 
below sulfidic sediment layers.

The potential coupling between CH4 oxidation and Fe oxide reduction could be a possible 
explanation for the increase in dissolved ferrous Fe (Fe2+) frequently observed at depth in 
methanogenic sediments (Holmkvist et al., 2011a, 2011b; Jørgensen et al., 2004; Knab et al., 2009; 
März et al., 2008; Riedinger et al., 2014; Sivan et al., 2011; Slomp et al., 2013; Treude et al., 2014) 
(Fig. 1.1). Recent work, however, revealed that Fe oxides may also stimulate SO4-AOM (Sivan et al., 
2014). In this mechanism, Fe oxides enhance the recycling of sulfide to SO4

2- in a cryptic sulfur (S) 
cycle. Dissolved sulfide is first oxidized to S0, and subsequent disproportionation of S0 to SO4

2- and 
sulfide then fuels SO4

2- – driven AOM by providing additional pore water SO4
2- (Holmkvist et al., 

2011a; Milucka et al., 2012; Sivan et al., 2014; Treude et al., 2014). Furthermore, the presence of 
methanogens that are able to rapidly switch between methanogenesis and reduction of Fe oxides 
could result in a reactivation of more crystalline Fe oxides that were not reduced during initial Fe 
reduction (Bodegom et al., 2004; Bond and Lovley, 2002; Liu et al., 2011; Reiche et al., 2008; Sivan 
et al., 2016; Vargas et al., 1998). The apparent coupling between CH4 oxidation and Fe-reduction 
previously observed could thus also be, at least partly, the result of indirect Fe-stimulated SO4-AOM 
and/or organoclastic Fe oxide reduction, i.e. Fe reduction coupled to organic matter degradation. 
As a consequence, it remains unclear whether the high concentrations of CH4 in deeper sediments 
trigger the apparent reactivation of deeply buried Fe oxides through Fe-AOM or whether the 
synchronous increase in dissolved Fe2+ and CH4 is attributed to organoclastic Fe oxide reduction 
by methanogens (Bodegom et al., 2004; Bond and Lovley, 2002; Liu et al., 2011; Reiche et al., 
2008; Sivan et al., 2016; Vargas et al., 1998). As these processes are not mutually exclusive (Sivan 
et al., 2016), deep sediments are most likely characterized by a complex interplay of low rates of 
concurrent methanogenesis, Fe oxide reduction and methanotrophy, i.e. AOM.

Regardless of the underlying mechanisms, such an Fe-associated pathway for CH4 oxidation is 
of general interest not only because of the strong global warming potential of CH4 in the Earth’s 
atmosphere, but also because of the potential impacts on the marine Fe and phosphorus (P) cycles. 
For instance, enhanced rates of SO4

2- reduction driven by SO4-AOM lead to accumulation of 
dissolved sulfide in the pore water and the subsequent sulfidization of Fe minerals around the SMTZ 
(e.g. Boesen and Postma (1988), Böttcher and Lepland (2000), Holmkvist et al. (2014), Jørgensen et 
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al. (2004), Kasten et al. (1998), Neretin et al. (2004) and Riedinger et al. (2005)). The reduction of Fe 
oxides by sulfide not only results in the conversion of reactive Fe from oxide toward sulfide phases, 
but also releases Fe oxide-bound P into the pore water. The SMTZ thus represents a source of pore 
water phosphate in marine sediments (Burns, 1997; März et al., 2008; Schulz et al., 1994; Slomp et 
al., 2013). Combined with a buildup in pore water Fe2+ due to the absence of dissolved sulfide below 
the SMTZ (Fig. 1.1), the presence of a SMTZ may be particularly conducive to authigenic formation 
of reduced Fe(II)-P minerals such as vivianite (Fe3(PO)4*8H2O) (Hsu et al., 2014; März et al., 2008; 
Slomp et al., 2013). To date, the significance of these authigenic Fe(II)-P minerals at a global scale is 
largely unknown. Given the importance of continental margins for marine P burial (Ruttenberg and 
Berner, 1993; Ruttenberg, 2003), knowledge about how AOM affects the sedimentary P dynamics 
is essential for a better understanding of the global marine P cycle. In addition, sequestration of 
P in reduced Fe(II)-P minerals below the zone of SO4-AOM results in the accumulation of total P 
unrelated to changes in organic matter deposition and the supply of other P-bearing components 
to the sediment. Interpreting these diagenetic patterns as primary sedimentary signals may thus 
lead to incorrect reconstructions of environmental conditions during sediment deposition. Hence, a 
detailed understanding of CH4-Fe-P dynamics in marine sediments will also improve our ability to 
read ancient sediment records and to predict the biogeochemical consequences of global warming 
and human-enhanced inputs of nutrients to the ocean.

1.2 Scope of this thesis

This work focuses on anaerobic oxidation of CH4 and its impact on Fe and P cycling in marine 
sediments. In order to unravel the intertwined CH4-Fe-P dynamics, sediments from different 
depositional environments are investigated (Fig. 1.3), including (i) brackish coastal surface 
sediments from the Bothnian Sea that have experienced changes in anthropogenic nutrient loading 
during recent decades, (ii) Baltic Sea and Black Sea sediments that underwent a transition from a 
freshwater to a marine depositional regime due to post-glacial sea-level rise around 9000 years ago, 
and (iii) marine sediments from a human-impacted, seasonally hypoxic coastal basin in the North 
Sea with rapid sediment accumulation.

To tackle the biogeochemical interactions in these dynamic sedimentary environments, a wide 
range of geochemical tools was applied, including (i) different sequential extraction methods for 
solid phase S, Fe an P, (ii) state-of-the-art microscopic and spectroscopic techniques such as micro 
X-ray fluorescence (μXRF) elemental mapping of resin-embedded sediments, as well as scanning 
electron microscope-energy dispersive spectroscopy (SEM-EDS), powder X-ray diffraction 
(XRD) and synchrotron-based microanalysis (X-ray absorption near-edge structure (XANES) 
spectroscopy), (iii) gas chromatography (GC) and continuous flow isotope ratio mass spectrometry 
(CF-IRMS) for detailed analysis of pore water CH4, (iv) slurry incubation experiments with 
isotopically labeled 13CH4, and (v) multicomponent reactive transport modeling.
 Chapter 2 explores whether a coupling of CH4 oxidation and Fe oxide reduction may explain 
the observed buildup in pore water Fe2+ below a shallow SMTZ in sediments of the Bothnian Sea. 
A distinct enrichment of authigenic Fe sulfide minerals around the present day SMTZ suggests 
a recent upward displacement of the SMTZ caused by changes in organic matter loading over 
recent decades linked to anthropogenic eutrophication. This rapid upward migration of the SMTZ 
reduced the exposure time of sedimentary Fe oxides to dissolved sulfide, allowing a portion of the 
Fe oxides to remain preserved in the methanogenic sediments. Laboratory incubation studies with 
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sediments from below the SMTZ revealed that CH4 oxidation is signifi cantly increased when Fe 
oxides are added to the SO4

2- – depleted sediment slurries. Th ese results indicate that Fe-mediated 
AOM could represent a possible process responsible for the accumulation of dissolved Fe2+ in 
SO4

2- – poor methanogenic sediments below the SMTZ. Pore water gradients further emphasize 
that, although Fe-AOM has the potential to release large quantities of Fe2+ into the pore water, 
it likely only accounts for a relatively small percentage of CH4 removal in marine sediments. 

In chapter 3, a transient diagenetic model describing sediment deposition and diagenetic 
alteration in the Bothnian Sea during the last century is developed to assess the potential controls 
and impact of Fe-AOM in coastal surface sediments. Th e model shows that changes in organic 
matter loading can induce vertical migration of the SMTZ within the sediment column, creating 
favorable geochemical conditions for a coupling between CH4 oxidation and Fe oxide reduction. 
Results of a sensitivity analysis further identify bottom water SO4

2- concentrations (i.e. salinity), 

 

 

 

  

    

   

   Landsort Deep 347-63 D-A
Unit Id Unit IIa Unit IVa Unit V Unit VI Unit VII

D-12H-2 D-22H-2 A-31H-2D-34H-1D-26H-1D-14H-3
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Fig. 1.3 | Overview of the diff erent depositional environments investigated in this thesis, including (a) brackish coastal 
surface sediments from the Bothnian Sea that have experienced changes in anthropogenic nutrient loading during 
recent decades (chapter 2, 3, and 4), (b) Black Sea (chapter 5) and (c) Baltic Sea (chapter 6) sediments that underwent 
a transition from a freshwater towards a marine depositional regime due to post-glacial sea-level rise around 9000 
years ago, and (d) marine sediments from a human-impacted, seasonally hypoxic coastal basin in the North Sea with 
rapid sediment accumulation and high concentrations of pore water CH4 (chapter 7).
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Fe oxide availability and organic matter loading as key factors controlling the potential occurrence 
of Fe-AOM. These findings indicate that Fe-AOM in marine surface sediments is likely restricted 
to environments with relatively high rates of sediment deposition such as estuaries and other 
nearshore systems or to sediments that are subject to transient diagenesis.

Chapter 4 focuses on the impact of CH4 dynamics on sedimentary P cycling in Bothnian Sea 
sediments using a combination of the SEDEX sequential P extraction method with microscopic and 
spectroscopic techniques. Combining these techniques allows the limitation of the SEDEX method 
to distinguish between authigenic Fe(II) phosphate minerals such as vivianite (Fe(II)3(PO4)*8H2O) 
and P associated with Fe(III) oxides to be overcome. Furthermore, resin-embedded sediments are 
used for the first time to elucidate the mineralogy of sedimentary P enrichments with synchrotron-
based microanalysis (XANES spectroscopy). The results reveal that vivianite represents a 
major burial sink for P below the SMTZ, accounting for almost half of the total P burial in these 
sediments. Substantial burial of P as vivianite has important implications for the coupled cycling 
of sedimentary Fe, P and S because sequestration of P as vivianite requires less Fe compared to 
Fe(III)-P burial. Authigenic vivianite formation may thus reduce the impact of increased SO4

2- 
reduction on P retention in systems subject to anthropogenic eutrophication. The results further 
show that AOM plays a key role in sedimentary P diagenesis by driving the observed sink-switching 
from Fe oxide-bound P to vivianite.

Chapter 5 presents the results of a detailed study on the effects of AOM on diagenetic records 
of S, Fe and P in sediments of the Black Sea. Geochemical analyses of the sediment and pore water 
in combination with multicomponent diagenetic modeling reveal that a shift from a freshwater lake 
to a marine system and subsequent downward diffusion of marine SO4

2- into the CH4-bearing lake 
deposits can overprint sedimentary burial records of Fe, S and P. The results show that SO4-AOM 
strongly enhances the downward sulfidization of the limnic deposits, leading to the conversion of 
Fe oxides, Fe carbonates and vivianite to Fe sulfide phases and an enrichment in solid phase S. The 
findings presented here indicate that besides organoclastic Fe oxide reduction, AOM coupled to 
the reduction of Fe oxides may also provide a possible mechanism for the release of dissolved Fe2+ 
to the pore waters below the sulfidization front, resulting in an accumulation of vivianite in these 
sediments. AOM therefore can alter primary sedimentary signals of Fe, S and P in depositional 
marine systems subject to changes in organic matter loading or water column salinity.

Chapter 6 discusses the various possible mechanisms responsible for the apparent Fe reduction 
in deep Baltic Sea sediments with a main focus on the potential role of AOM, using geochemical 
analyses and multicomponent diagenetic modeling of sediment cores obtained during the 
Integrated Ocean Discovery Program (IODP) Baltic Sea Paleoenvironment Expedition 347. The 
complex interplay between CH4 production, oxidation and transport of CH4 indicates that at least 
part of the CH4 generated in the brackish/marine deposits could be consumed by Fe-AOM within 
the deep lake deposits, thus providing a possible explanation for the observed release of dissolved 
Fe2+ at depth. These findings suggest that the transition of a lake toward a marine system could 
reactivate deeply buried Fe oxides through reactions with downward diffusing CH4 from the 
organic-rich brackish/marine sediments into the former lake deposits depleted in organic matter, 
thus impacting sedimentary Fe cycling and related biogeochemical processes such as P burial.

Chapter 7 shows how rapid sediment accumulation may result in inefficient CH4 removal in 
coastal sediments. Geochemical analyses of sediment cores collected from the seasonally hypoxic 
marine Lake Grevelingen (a former North Sea estuary before the construction of two dams) between 
2012 and 2015 reveal that CH4 produced in these sediments is bypassing the SO4

2- reduction zone, 
resulting in high CH4 effluxes from the sediment into the overlying water column. Geochemical 
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analyses of sediment and pore water in combination with reactive transport modeling show that 
the high CH4 effluxes are due to (acetotrophic) methanogenesis in the surface sediments and a 
lack of substantial CH4 removal in the SMTZ. These results suggest that, in rapidly accumulating 
marine coastal sediments, slow-growing methanotrophic organisms may not be able to build up 
sufficient biomass to allow for efficient consumption of pore water CH4. High organic matter input 
could further support the co-occurrence of various dissimilatory respiration processes allowing 
for CH4 production in shallow sediments of eutrophic coastal areas, indicating that anthropogenic 
eutrophication of coastal systems may increase the release of CH4 from these sediments to the water 
column and potentially to the atmosphere to reinforce the radiative forcing of the Earth.

1.3 Concluding remarks

The main results and conclusions of this thesis reveal that Fe oxides may provide suitable electron 
acceptors for the oxidation of CH4 in marine sediments. Such a coupling of CH4 oxidation and Fe 
oxide reduction in marine environments, however, is most likely restricted to estuaries and other 
nearshore systems with relatively high rates of sediment accumulation and to sediments that 
are subject to transient diagenesis. The findings presented here further suggest that the largest 
environmental effect of Fe-dependent CH4 oxidation is not the removal of CH4, but the reduction of 
large quantities of Fe oxides. This reduction of sedimentary Fe oxides by reactions with CH4 could 
drive a sink-switching of Fe oxide-bound P to reduced Fe(II)-P minerals below the SMTZ, thus 
substantially impacting marine P cycling and other related biogeochemical cycles. 



19



Bothnian Sea

Photo: Matthias Egger



21

CH
A

PT
ER

 2

Chapter 2:

Iron-mediated anaerobic oxidation of methane 
in brackish coastal sediments

With Rasigraf, O., Sapart, C. J., Jilbert, T., Jetten, M. S. M., Röckmann, T., van der Veen, C., 
Bândă, N., Kartal, B., Ettwig, K. F. and Slomp, C. P.

Abstract

Methane is a powerful greenhouse gas and its biological conversion in marine sediments, largely 
controlled by anaerobic oxidation of methane (AOM), is a crucial part of the global carbon cycle. 
However, little is known about the role of iron oxides as an oxidant for AOM. Here we provide the 
first field evidence for iron-dependent AOM in brackish coastal surface sediments and show that 
methane produced in Bothnian Sea sediments is oxidized in distinct zones of iron- and sulfate-
dependent AOM. At our study site, anthropogenic eutrophication over recent decades has led to 
an upward migration of the sulfate/methane transition zone in the sediment. Abundant iron oxides 
and high dissolved ferrous iron indicate iron reduction in the methanogenic sediments below the 
newly established sulfate/methane transition. Laboratory incubation studies of these sediments 
strongly suggest that the in situ microbial community is capable of linking methane oxidation to 
iron oxide reduction. Eutrophication of coastal environments may therefore create geochemical 
conditions favorable for iron-mediated AOM and thus increase the relevance of iron-dependent 
methane oxidation in the future. Besides its role in mitigating methane emissions, iron-dependent 
AOM strongly impacts sedimentary iron cycling and related biogeochemical processes through the 
reduction of large quantities of iron oxides. 
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2.1 Introduction

Methane (CH4) is a potent greenhouse gas in the Earth’s atmosphere with a global warming 
potential 28-34 times that of carbon dioxide (CO2) on a centennial time scale (Myhre et al., 2013). 
Anaerobic oxidation of methane (AOM) efficiently controls the atmospheric CH4 efflux from the 
ocean by consuming an estimated > 90 % of all the CH4 produced in marine sediments (Knittel and 
Boetius, 2009; Reeburgh, 2007). Most of this AOM is attributed to sulfate (SO4

2-) reduction (Barnes 
and Goldberg, 1976; Boetius et al., 2000; Hoehler et al., 1994; Iversen and Jorgensen, 1985; Martens 
et al., 1978; Milucka et al., 2012; Reeburgh, 1976) (SO4-AOM, Eq. I), but oxidized solid phases 
such as iron (Fe)-oxides are also thermodynamically favorable electron acceptors for the biological 
oxidation of CH4 (Eq. II).

CH4 + SO4
2- → HS- + HCO3

- + H2O                    (I)

CH4 + 8Fe(OH)3 + 15H+ → HCO3
- + 8Fe2+ + 21H2O                    (II)

 The co-occurrence of reactive Fe oxides and CH4 in freshwater (Crowe et al., 2011; Norði et 
al., 2013; Sivan et al., 2011; Wersin et al., 1991) and some brackish (Segarra et al., 2013; Slomp et 
al., 2013) sedimentary environments suggests that AOM coupled to Fe oxide reduction (Fe-AOM) 
has the potential to act as a CH4 removal mechanism in SO4

2- – poor systems. Initial laboratory 
incubation studies have indeed shown that AOM can be stimulated by Fe oxide additions (Adler et 
al., 2011; Beal et al., 2009; Segarra et al., 2013; Sivan et al., 2014). However, conclusive field evidence 
for Fe-AOM in brackish surface sediments and knowledge about its significance for global CH4 
dynamics are still lacking.

A basic prerequisite for Fe-mediated AOM is the concurrent presence of pore water CH4 and 
abundant reducible Fe oxides. However, in most brackish and marine sediments the presence 
of pore water SO4

2- will stimulate microbial SO4
2- reduction and generate dissolved sulfide. This 

typically results in the reductive dissolution of sedimentary Fe oxides and the conversion of most 
reducible Fe to authigenic Fe-sulfides. Significant amounts of Fe oxides below the zone of SO4

2- 
reduction in brackish and marine sediments, therefore, are likely mainly found in systems where 
the input of Fe oxides is high or where the sediments are subject to transient diagenesis. Examples 
of the latter are found in the Black Sea (Holmkvist et al., 2011b) and Baltic Sea (Holmkvist et al., 
2011a), where the transition from a freshwater lake to a marine system has led to the preservation 
of Fe oxides below sulfidic sediment layers. Other examples of nonsteady state depositional marine 
systems where conditions are likely favorable for Fe-AOM include the continental margin off 
Argentina (Riedinger et al., 2005, 2014) and the Zambezi deep-sea fan sediments (März et al., 2008) 
where turbidites and other mass flows contribute to rapid burial of reactive Fe (see Riedinger et al. 
(2014)) for further examples of marine subsurface sediments with potentially Fe-AOM facilitating 
conditions). Burial of Fe oxides below the zone of SO4

2- reduction is also enhanced when Fe oxides 
are relatively resistant to reduction, e.g. because of their crystalline nature or changes in surface 
structure due to adsorption of ions (Lovley and Phillips, 1986; Roden, 2003). An additional, but 
still poorly investigated trigger for transient diagenesis is anthropogenic fertilization of coastal 
environments.

Here, we provide strong geochemical evidence for Fe-dependent CH4 oxidation below a 
shallow sulfate/methane transition zone (SMTZ) in brackish coastal sediments from the Bothnian 
Sea (salinity 5-6; Fig. 2.1). Furthermore, we show that anthropogenic eutrophication may induce 
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nonsteady state diagenesis, favoring a coupling between Fe oxide reduction and CH4 oxidation 
in coastal sediments. Besides acting as a CH4 sink, Fe-AOM greatly impacts the biogeochemical 
cycling of Fe and thereby other tightly coupled element cycles in marine and brackish environments.

2.2 Materials and Methods

2.2.1 Sediment and pore water sampling
Sediment cores (~ 0-60 cm) were collected from site US5B (62°35.17’ N, 19°58.13’ E) using a 
GEMAX corer (core diameter 10 cm) during a cruise with R/V Aranda in August 2012. All cores 
were sliced under nitrogen at 1-4 cm resolution. For each slice a sub-sample was placed in a 
pre-weighed glass vial for solid-phase analysis and stored anoxically at -20 °C. Pore water was 
extracted	by	centrifugation,	fi	ltered	 through	0.45	µm	pore	size	disposable	fi	lters	and	subsampled	
under nitrogen for analysis of dissolved Fe, SO4

2-	 and	 sulfi	de	 (∑H2S	 =	H2S	 +	HS- + S2-). Sub-
samples for total dissolved Fe, which we assume to be present as Fe2+,	were	acidifi	ed	with	10	µL	
35	%	suprapur	HCl	per	mL	of	sub-sample	and	stored	at	4	°C	until	analysis	by	ICP-OES	(Perkin	
Elmer	Optima	3000	 Inductively	Coupled	Plasma	–	Optimal	Emission	Spectroscopy).	Pore	water	
SO4

2-	was	analyzed	with	ion	chromatography	(IC)	(detection	limit	of	<	75	µmol	L-1) and compared 
well	with	total	sulfur	(S)	measured	by	ICP-OES.	Another	sub-sample	of	0.5	mL	was	immediately	
transferred	into	glass	vials	(4	mL)	containing	2	mL	of	2	%	zinc	(Zn)-acetate	solution	to	precipitate	
ZnS,	and	was	stored	at	4	°C.	Sulfi	de	concentrations	were	then	determined	spectrophotometrically	
by	 complexion	 of	 the	 ZnS	 precipitate	 in	 an	 acidifi	ed	 solution	 of	 phenylenediamine	 and	 ferric	
chloride	 (Cline,	 1969)	 (detection	 limit	 of	 <	 1	 µmol	 L-1). The	 sulfi	de	 standard	was	 validated	 by	
titration with thiosulfate to achieve improved accuracy.

US5B

Åland

Finland

Sweden

15 °E 20 °E 25 °E

15 °E 20 °E 25 °E

65 °N

60 °N

Fig. 2.1 | Location map of the study area. Site US5B (62°35.17’ N, 19°58.13’ E) is located in the deepest part of the 
Bothnian Sea at 214 m depth with an average bottom water salinity of around 6.
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	 CH4	samples	were	taken	from	a	pre-drilled	core	directly	upon	core	retrieval.	Precisely	10	mL	
wet	sediment	was	extracted	from	each	hole	and	immediately	transferred	into	a	65	mL	glass	bottle	
filled	with	saturated	NaCl	solution,	sealed	with	a	rubber	stopper	and	a	screw	cap,	and	subsequently	
stored	upside-down.	A	headspace	of	10	mL	nitrogen	was	 injected	and	CH4 concentrations in the 
headspace	were	 determined	 by	 injection	 of	 a	 subsample	 into	 a	Thermo	 Finnigan	Trace	GC	 gas	
chromatograph	(Flame	Ionization	Detector).	δ13C-CH4	and	δD-CH4	(D,	deuterium)	were	analyzed	
by	 a	 Continuous	 Flow	 Isotope	 Ratio	Mass	 Spectrometry	 (CF-IRMS)	 system	 at	 the	 Institute	 for	
Marine	 and	Atmospheric	 Research	 Utrecht	 (IMAU).	 The	 amount	 of	 CH4 per sample was often 
larger than the calibrated range of the isotope ratio mass spectrometer. Therefore, very small 
amounts	of	sample	were	 injected	via	a	 low-pressure	 inlet	and	diluted	in	helium	(He	BIP	5.7,	Air	
Products)	in	a	40	mL	sample	loop	to	reach	CH4 mixing ratios of about 2000 ppb. After dilution, the 
samples	were	measured	as	previously	described	in	detail	(Brass	and	Röckmann,	2010;	Sapart	et	al.,	
2011).
	 Sediment	samples	were	freeze-dried,	powdered,	and	ground	in	an	agate	mortar	inside	an	argon-
filled	 glove	 box.	 Sediment	 porosity	was	 determined	 from	 the	weight	 loss	 upon	 freeze-drying.	A	
split	of	about	125	mg	of	freeze-dried	sediment	was	dissolved	in	a	mixture	of	2.5	mL	HF	(40	%)	
and	2.5	mL	of	HClO4/HNO3,	 in	a	closed	Teflon	bomb	at	90	°C	during	one	night.	The	acids	were	
then	evaporated	at	160	°C	and	 the	 resulting	gel	was	 subsequently	dissolved	 in	1	M	HNO3 at 90 
°C	 during	 another	 night.	 Finally,	 total	 elemental	 concentrations	 were	 determined	 by	 ICP-OES	
(precision	 and	 accuracy	 <	 5	%,	 based	 on	 calibration	 to	 standard	 solutions	 and	 checked	 against	
internal laboratory standard sediments). To correct for variations in terrigenous input of nonreactive 
Fe,	total	Fe	concentrations	were	normalized	to	aluminum	(Al),	with	the	input	of	the	latter	element	
assumed to be exclusively from terrestrial sources. To investigate the solid phase partitioning of Fe, 
a	second	50	mg	aliquot	of	dried	sediment	was	subjected	to	a	sequential	extraction	procedure	for	Fe	
after	Poulton	and	Canfield	(2005).	Sediment	Fe	was	fractionated	 into	(i)	carbonate-associated	Fe	
(including	siderite	and	ankerite,	extracted	by	1	M	Na-acetate	brought	 to	pH	4.5	with	acetic	acid,	
24 h), (ii) easily reducible (amorphous) oxides (Fe(ox1), including ferrihydrite and lepidocrocite, 
extracted	by	1	M	hydroxylamine-HCl,	24	h),	(iii)	reducible	(crystalline)	oxides	(Fe(ox2), including 
goethite,	 hematite,	 and	 akagenéite,	 extracted	 by	 Na-dithionite	 buffer,	 pH	 4.8,	 2	 h),	 and	 (iv)	 Fe	
in recalcitrant oxides (mostly magnetite, extracted by 0.2 M ammonium oxalate/0.17 M oxalic 
acid	solution,	2	h).	Replicate	analyses	had	a	relative	error	of	<	5	%.	A	third	0.5	g	aliquot	of	dried	
sediment was used to determine the amount of FeS2 (chromium reducible sulfur, CRS, using acidic 
chromous	chloride	solution)	and	FeS	(acid	volatile	sulfur,	AVS,	using	6	M	HCl)	via	the	diffusion-
based approach described by Burton et al. (2008) and	 analyzed	 by	 iodometric	 titration	 of	 the	
alkaline	Zn	acetate	trap.	Replicate	sample	extractions	yielded	reproducibility	within	8	%	for	CRS	
and 10 % for AVS. Results for the Fe(ox1) fraction suggest that most of the AVS present in the 
SMTZ	was	extracted	during	the	hydroxylamine-HCl	step	(see	Appendix	2.A).	Thus,	the	estimation	
of the reducible sedimentary Fe oxide content (Fe(ox1) + Fe(ox2)) shown in Fig. 2.2 was corrected 
for	AVS	dissolution	within	the	SMTZ.

2.2.2 Incubation experiments
Replicate	 sediment	 cores	 taken	 in	 2012	 were	 sealed	 immediately	 and	 stored	 onboard	 at	 4	 °C.	
Back	 in	 the	 lab,	 they	 were	 sliced	 in	 sections	 of	 5	 cm	 under	 strictly	 anaerobic	 conditions	 and	
stored	 anaerobically	 in	 the	 dark	 at	 4	 °C.	The	 incubation	 experiments	 started	within	 half	 a	 year	
after	 sampling.	Per	 culture	 bottle,	 30	g	 of	wet	 sediment	 (~	25	mL)	was	homogenized	 in	 75	mL	
SO4

2- –	depleted	medium	mimicking	 in	situ	bottom	water	conditions	within	a	helium-filled	glove	
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box	(containing	~	2	%	hydrogen	gas,	H2).	An	85	mL	aliquot	of	this	sediment/medium	slurry	was	
distributed	 over	 150	mL	 culture	 bottles	 and	 an	 additional	 11.4	mL	 of	medium	was	 added	 to	 all	
bottles	with	 the	exception	of	 the	Fe	 treatments,	 for	which	11.4	mL	of	a	Fe-nanoparticle	solution	
(Bosch	 et	 al.,	 2010)	 (20	mmol	L-1	 ferric	Fe	 (Fe(III)),	 resulting	 in	 2	mmol	L-1	 Fe(III)	 per	 bottle)	
was added instead. The approximate ratio of 1 part sediment to 3 parts medium was chosen in 
agreement	to	reported	incubation	studies	(Beal	et	al.,	2009;	Segarra	et	al.,	2013).	After	the	contents	
were mixed, the culture bottles were sealed with airtight red butyl rubber stoppers and secured with 
open-top	Al	screw	caps.	After	being	sealed,	5	mL	CO2	and	either	45	mL	nitrogen	(“cntl”)	or	45	mL	
13CH4	 (“13CH4”	and	“13CH4 &	Fe(III)”)	were	 injected	 into	 the	headspace	of	duplicate	 incubations	
to	yield	1	bar	overpressure	(volume	headspace	=	50	mL)	and	incubated	in	the	dark	at	20	°C	under	
gentle	 shaking.	Dissolved	 sulfide	 and	SO4

2- were sampled within the glove box by allowing the 
sediment	to	settle	out	of	suspension	and	taking	a	sub-sample	(1.5	mL)	of	the	supernatant	water	via	
a	needle	 syringe.	Analysis	of	 sulfide	was	performed	as	described	above	 for	 sediment	pore	water	
(detection	limit	of	<	1	µmol	L-1).	Samples	for	total	dissolved	S	were	measured	by	ICP-OES	after	
acidification	with	10	µL	35	%	suprapur	HCl	and	assumed	to	represent	only	SO4

2- due to the release 
of	 sulfide	 to	 the	 gas	 phase	 during	 acidification	 (Jilbert	 and	 Slomp,	 2013a)	 (detection	 limit	 of	 <	
82	µmol	L-1). Headspace	samples	(30	µL)	were	analyzed	by	gas	–	chromatography	(GC,	Agilent	
6890	 series,	 USA)	 using	 a	 Porapak	Q	 column	 at	 80	 °C	 (5	min)	with	 helium	 as	 the	 carrier	 gas	
(flow	rate	24	mL	min-1).	The	GC	was	coupled	to	a	mass	spectrometer	(Agilent	5975C	inert	MSD,	
Agilent,	USA)	 to	 quantify	 the	masses	 44	 and	 45	 (CO2). To account for the medium loss due to 
subsampling of the solution and because of an observed leveling-off of measured headspace 13CO2 

concentrations,	an	additional	11.4	mL	of	medium	(“cntl”	and	“13CH4”)	and	Fe-nanoparticle	solution	
(“13CH4	&	Fe(III)”)	was	added	 to	 the	culture	bottles	after	55	days	 (indicated	by	a	dashed	 line	 in	
Fig. 2.3). Fe-AOM rates were determined from the linear slope of 13CO2 production in duplicate 
incubations	from	20-30	cm	and	30-35	cm	depths,	before	and	after	second	addition	of	Fe(III)	(see	
Appendix	 2.B),	 taking	 into	 account	 the	CO2	 dissolved	 in	 the	 liquid	 and	 removal	 thereof	 during	
sampling. Thus, the statistical mean is based on a total number of eight rate estimates.

2.2.3 Diffusion model simulations
A	 column	 diffusion	 model	 was	 used	 to	 test	 different	 hypotheses	 for	 sources	 and	 sinks	 of	 CH4 
within the sediment at station US5B. The model represents the sediment column from the surface 
to	 a	 depth	 of	 36	 cm,	 using	 72	 layers	 of	 0.5	 cm	 each.	Concentrations	 of	 total	CH4,	 δD-CH4 and 
δ13C-CH4 are simulated, accounting for production, loss and diffusion, and their corresponding 
isotopic fractionation. The model was run to steady state for each scenario. As the boundary 
condition	at	36	cm	depth	we	constrain	 the	model	with	 the	measured	values	of	CH4,	δD-CH4 and 
δ13C-CH4.	At	the	surface,	the	flux	to	the	water	column	was	set	to	zero.	The	diffusion	coefficient	for	
CH4 was corrected for in situ temperature, salinity, and porosity (see Appendix 2.C). A diffusion 
fractionation	of	 εDiffusion = 3 ‰ for both 13C-CH4	 and	D-CH4 was assumed according to Chanton 
(2005)	and	Happell	et	al.	(1995).

Two zones were defined within the sediment column, 0-8.5 cm and 8.5-36 cm, with constant 
production and loss parameters within each zone. The first zone represents SO4-AOM, while the 
second represents the area where both CH4 loss through Fe-AOM and CH4 production through 
methanogenesis may occur. We performed three model simulations: ‘with Fe-AOM’, ‘no Fe-AOM’ 
and ‘diffusion only’. The rate constants and fractionation factors used in these simulations for the 
CH4 production and removal processes are presented in Appendix 2.D.
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2.3 Results and discussion

2.3.1 Geochemical profiles
Vertical pore water profiles for station US5B (Fig. 2.2) reveal a shallow SMTZ at a depth of ca. 4-8.5 
cm, where SO4

2--dependent AOM results in the depletion of pore water SO4
2- and CH4. Dissolved 

SO4
2- decreases from 4.9 mmol L-1 at the sediment water interface to 0.3 mmol L-1 at the bottom 

of the SMTZ, and stayed below the detection limit of 75 µmol L-1 throughout the rest of the core. 
Reductive dissolution of Fe oxides driven by sulfide production during SO4-AOM induces a distinct 
minimum in sedimentary Fe oxides and precipitation of Fe sulfides (mostly FeS).
 Abundant reducible Fe oxides below the SMTZ are accompanied by very high dissolved ferrous 
Fe (Fe2+) concentrations (> 1.8 mmol L-1). The depth trend in total (Fe/Al) indicates that the Fe 
is not only repartitioned between oxide and sulfide phases within the SMTZ, but that Fe oxide 
reduction below the SMTZ triggers upward migration of dissolved Fe2+ with an enrichment of 
total Fe in the sulfidic zone. However, in contrast to the SMTZs observed at greater depth (> 1.5 
m) in sediments of the Baltic Sea (Holmkvist et al., 2011a) and Black Sea (Holmkvist et al., 2011b), 
sulfide generated by SO4

2- reduction is all sequestered in the form of authigenic Fe sulfides in the 
shallow SMTZ observed in this study (Fig. 2.2). Thus, no sulfide remains to diffuse downward into 
the zone where Fe reduction is occurring. Reductive Fe oxide dissolution by dissolved sulfide in the 
deeper sediments is therefore not possible. Although a cryptic sulfur cycle where SO4

2- is generated 
by sulfide reacting with deeply buried Fe(III) species (Holmkvist et al., 2011a, 2011b) is unlikely 
to occur, 35S radiotracer measurements of SO4

2- reduction rates would be needed to completely 
exclude the possibility of a cryptic sulfur cycle through reoxidation of Fe sulfide minerals. High 
dissolved Fe2+ concentrations further preclude Fe oxide reduction via sulfide released during 
disproportionation of elemental sulfur (Bak and Pfennig, 1987; Thamdrup et al., 1993), as any 
sulfide produced locally would be immediately scavenged to form Fe sulfides. Thus, there are only 
two alternative mechanisms that may explain the high dissolved Fe2+ concentration in the pore 
water below the SMTZ. The first mechanism is organoclastic Fe reduction, i.e. Fe reduction coupled 
to organic matter degradation. The second is Fe-AOM, i.e. Fe reduction coupled to AOM. In the 
following, we demonstrate why the latter mechanism is the process most likely responsible for the 
high dissolved Fe2+ in these sediments.

2.3.2 Fe-AOM activity below the SMTZ
The	potential	of	 the	microbial	 community	present	 in	 the	 sediments	below	 the	SMTZ	 to	perform	
Fe-AOM was experimentally tested with slurry incubation studies. Fresh sediment samples from 
several depth layers were incubated with 13C-labeled	 CH4 (13CH4), CO2 and a SO4

2- –	 depleted	
medium	mimicking	Bothnian	Sea	bottom	water	conditions.	Duplicate	 incubations	were	amended	
with either only 13CH4 or 13CH4	and	20	mmol	L-1 Fe hydroxide nanoparticles (Bosch et al., 2010). 
In	 the	 control	 slurries,	 nitrogen	 was	 used	 instead	 of	 13CH4. AOM rates were then determined 
by measuring production of 13CO2, i.e. the end product of 13CH4 oxidation. The addition of Fe 
hydroxide nanoparticles almost doubled AOM activity (1.7 fold increase) in the sediment samples 
between	20	and	35	cm	depth	compared	to	the	slurries	where	no	additional	Fe(III)	was	added	(Fig.	
2.3).	The	 increase	 in	 δ13C-CO2	 as	 a	 response	 to	Fe(III)	 addition	 thus	 suggests	 that	 the	microbial	
community	present	in	the	sediment	below	the	SMTZ	is	capable	of	coupling	AOM	to	Fe	reduction.
 Throughout	 the	 whole	 experiment,	 sulfide	 stayed	 below	 detection	 limit	 (<	 1	 µmol	 L-1) and 
SO4

2-	 concentrations	 stayed	 below	 350	 µmol	 L-1.	A	 slight	 decrease	 in	 background	 SO4
2- during 

the incubation period might indicate low levels of SO4
2- reduction of ~ 1.9 pmol SO4

2- cm-3 d-1. 
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Fig. 2.2 | Geochemical profiles for site US5B. (a) Pore water profiles of SO4
2-, CH4, sulfide (∑H2S = H2S + HS- + S2-) and 

Fe2+. Grey bar indicates the sulfate/methane transition zone (SMTZ). (b) Sediment profiles of total sulfur (Stot), FeS 
(acid volatile sulfide, AVS), Fe oxides (see Appendix 2.A for the calculation of the Fe oxide fraction), and total (Fe/Al).

Fig. 2.3 | Incubation experiment with 13C-labeled CH4 conducted on sediments from 20-35 cm depth. SO4
2- – depleted 

slurry incubations showed an increasing enrichment of headspace CO2 in 13C after addition of Fe(III) (“13CH4 
& Fe(III)”, red triangles) compared to treatments where no additional Fe(III) was added (“13CH4”, green circles), 
suggesting stimulation of Fe-AOM. Elevated δ13C-CO2 values ([13CO2]/([12CO2]+[13CO2]) of the 13CH4-treatment 
without additional Fe(III) compared to the control (“cntl”, blue squares) indicate Fe-AOM with remaining Fe oxides 
present in the sediment. 20 mmol L-1 Fe(III) was added at t0 (0 days) and after 55 days (dashed red line). Error bars are 
based on duplicates for 20-30 cm and 30-35 cm (i.e., n = 4; see Appendix 2.B for the calculation of the Fe-AOM rate).
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Similar rates of SO4
2- reduction (~ 1 pmol SO4

2- cm-3 d-1) were reported for methanogenic Baltic 
Sea	sediments	(Holmkvist	et	al.,	2011a).	Taking	into	account	 indirect	Fe	stimulated	SO4

2- -driven 
AOM	(Sivan	et	al.,	2014)	 through	a	cryptic	sulfur	cycle	(Holmkvist	et	al.,	2011a,	2011b),	where	
redox	reactions	between	sulfide	and	Fe	oxides	result	in	the	re-oxidation	of	sulfide	to	SO4

2- in a 17:1 
stoichiometric ratio, we estimate a gross rate of SO4

2- reduction of ~ 2 pmol SO4
2- cm-3 d-1. SO4

2- 

-driven	AOM	is	thus	unlikely	to	contribute	more	than	0.1	%	to	the	total	13CO2 production observed 
in	our	incubations.	These	findings	support	our	hypothesis	that	the	accumulation	of	dissolved	Fe2+ in 
the	pore	water	below	the	SMTZ	is,	at	least	partly,	a	result	of	Fe-AOM.

The potential rate of Fe-AOM in our incubations is 1.32 ± 0.09 μmol cm-3 yr-1 (see Appendix 
2.B), which compares well to recent estimates of potential Fe-AOM rates in slurry incubations of 
brackish wetland (1.42 ± 0.11 μmol cm-3 yr-1; (Segarra et al., 2013)) and Fe(III)-amended mesocosm 
studies of intact deep lake sediment cores (1.26 ± 0.63 μmol cm-3 yr-1; (Sivan et al., 2011)). It should 
be noted, however, that these rates all derive from stimulated microbial communities and thus could 
be lower under in situ conditions.

2.3.3 Isotopic evidence for concurrent methanogenesis
Pore	water	profiles	of	 δD-CH4	 and	δ13C-CH4 (Fig. 2.4a) show the common features observed in 
marine sediments where methanogenesis deep in the sediment results in the buildup of isotopically 
depleted	CH4 in the pore water (Whiticar, 1999). The preferential oxidation of isotopically light 
CH4	during	AOM	(Alperin	et	al.,	1988;	Martens	et	al.,	1999)	results	in	a	progressive	enrichment	of	
the	residual	CH4 in 13C-CH4	and	D-CH4 toward the sediment surface. Application of the Rayleigh 
distillation	function	(Crowe	et	al.,	2011;	Rayleigh,	1896;	Whiticar,	1999)	reveals	two	distinct	sets	
of	kinetic	isotope	fractionation	factors	for	hydrogen	(εH)	and	carbon	(εC) that are spatially separated 
(Fig. 2.4b). The sympathetic change in the 13C	and	D	content	 from	4-8.5	 cm	depth	 is	 driven	by	
SO4-AOM	within	the	SMTZ.	Corresponding	isotope	fractionations	(εH	=	98	±	0.3	‰,	εC = 9 ± 0.2 
‰, see Fig. 2.4b) are at the low end of reported values from near coastal sediments in the Baltic 
Sea	(εH	=	100-140	‰,	εC = 11-13 ‰) (Martens et al., 1999) and SO4-AOM in general (Alperin et 
al.,	1988;	Holler	et	al.,	2009;	Whiticar,	1999).	The	isotopic	composition	of	CH4	below	the	SMTZ,	
on	 the	other	hand,	 shows	enrichment	 in	D	 isotopes	but	depletion	 in	 13C	(εH	=	24	±	0.1	‰,	 εC = 
-1	±	0.04	‰,	 see	Fig.	 2.4b).	Such	 antipathetic	 changes	 are	 usually	 attributed	 to	CH4 production 
(Chanton	et	al.,	2005;	Whiticar,	1999),	with	hydrogenotrophic	methanogenesis	(CO2 reduction by 
H2)	as	the	most	likely	methanogenic	pathway	for	the	range	of	CH4 isotope ratios observed at station 
US5B (Whiticar, 1999).

Fe-AOM as the main contributor to Fe2+ production and CH4 removal would be expected 
to isotopically enrich pore water CH4 in both heavy isotopes below the SMTZ, in contrast 
to the observations. We hypothesized that production of isotopically light CH4 during 
methanogenesis counteracts the progressive enrichment of isotopically heavy CH4 during 
Fe-AOM. Indeed, simulations of the isotopic composition of pore water CH4 at station US5B 
using a column diffusion model could successfully reproduce the observed patterns in δD-CH4 
and δ13C-CH4 when assuming the concurrent presence of Fe-AOM and hydrogenotrophic 
methanogenesis (Fig. 2.5). Because of the slow rate of CH4 oxidation, Fe-AOM only removes 
a small amount of pore water CH4. Hence, modeled profiles of δD-CH4 and δ13C-CH4 are 
highly sensitive to the rate of methanogenesis and the assumed values of εH and εC, which have a 
wide reported range (Whiticar, 1999). Our simulations show that the measurements can also 
be approximated without Fe-AOM, when altered CH4 production rates and methanogenic 
fractionation factors are used in the model. Nevertheless, the model does demonstrate that 
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methanogenesis is required to reproduce the pore water concentration and isotope profiles 
of CH4; removal in the SMTZ only and diffusion from depth cannot explain the observed 
trends. This provides conclusive evidence for methanogenesis within the zone of Fe reduction.
 However, hydrogenotrophic Fe-reducers coupling H2 oxidation to Fe(III) reduction are known 
to be able to outcompete methanogens for H2 by maintaining the H2 concentrations at levels 
that are too low for methanogens to grow (Achtnich et al., 1995; Lovley et al., 1989; Reiche et al., 
2008). In addition, direct inhibition of methanogenesis by Fe(III) has been reported (Bodegom et 
al., 2004; Bond and Lovley, 2002; Liu et al., 2011). The high demand for H2 needed to explain the 
dissolved Fe2+ concentrations (2:1 stoichiometry) (Lovley et al., 1989; Thauer et al., 1977) could 
therefore result in a competitive inhibition of hydrogenotrophic methanogenesis. Here we clearly 
demonstrate the co-occurrence of Fe reduction and methanogenesis, indicating that reduction 
of Fe(III) by H2 is unlikely to be the main reason for the high dissolved Fe2+ below the SMTZ.  
Consequently, we conclude that CH4 might be a plausible electron donor for the reduction of 
relatively refractory Fe oxides under methanogenic conditions. Our field data and model results 

Fig. 2.4 | (a) Vertical pore water profiles for total CH4, δD-CH4 (in ‰ vs Standard Mean Ocean Water; SMOW) 
and δ13C-CH4 (in ‰ vs Vienna Pee Dee Belemnite; VPDB). (b) Rayleigh fractionation plots for δD-CH4 (left) 
and δ13C-CH4 (right). The yellow area (I) indicates the depth zone of SO4-AOM, i.e. the SMTZ, while the green 
area (II) shows all measurements below the SMTZ. Different slopes between I (yellow) and II (green) reveal two 
distinct kinetic isotope fractionation factors for hydrogen (εH) and carbon (εC) that are spatially separated. SO4-
AOM drives a sympathetic change in C and D isotopes (area I), whereas the antipathetic change in area II indicates 
hydrogenotrophic CH4 production.
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further imply that the imprint of Fe-AOM on the isotopic composition of pore water CH4 may be 
masked when co-occurring with methanogenesis.

2.3.4 Fe-AOM and coastal eutrophication
In the Bothnian Sea, the shallow position of the SMTZ is linked to anthropogenic eutrophication 
over recent decades. Long-term monitoring studies based on water transparency, inorganic 
nutrients, and chlorophyll a in the Bothnian Sea (Fleming-Lehtinen and Laamanen, 2012; Fleming-
Lehtinen et al., 2008) indicate that, throughout the last century, anthropogenic loading of nutrients 
derived from land has enhanced primary productivity and subsequent export production of 
organic matter. As a consequence, rates of SO4

2- reduction and methanogenesis likely increased, 
initiating an upward migration of the SMTZ. Since the early 2000s, eutrophication of the Bothnian 
Sea has started to decline again (Fleming-Lehtinen and Laamanen, 2012; Fleming-Lehtinen 
et al., 2008), halting the upward movement of the SMTZ at its current position. Evidence for a 
rapid upward shift of the SMTZ and its recent fixation is provided by the distinct enrichment 
of authigenic Fe sulfides around the present day SMTZ (Hensen et al., 2003; Kasten et al., 1998; 
März et al., 2008; Riedinger et al., 2005; Slomp et al., 2013). The diffusive influx of SO4

2- into the 
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Fig. 2.5 | Column diffusion model simulations of the total concentration and isotopic composition of pore water CH4 
at station US5B. SO4-AOM (between 0 and 8.5 cm) is represented in all model simulations (a-c), whereas different 
scenarios for the fate of CH4 below the SMTZ (8.5-36 cm) were tested. (a) CH4 loss through Fe-AOM and concurrent 
CH4 production through methanogenesis; (b) only CH4 production but no removal through Fe-AOM; (c) upward 
diffusing CH4 with no further alteration. SMOW = Standard Mean Ocean Water and VPDB = Vienna Pee Dee 
Belemnite. See Appendix 2.D for details about rate constants and fractionation factors used in the model simulations.
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SMTZ (~ 1 mol m-2 yr-1; Fig. 2.2) and the S content of the Fe-sulfi de enrichment (~ 10 mol m-2; 
Fig. 2.2) suggest that the fi xation of the SMTZ in its current position occurred approximately 
10 years before the time of sampling, consistent with earlier fi ndings at site US5B (Slomp et 
al., 2013). Th is rapid upward displacement of the SMTZ in response to eutrophication likely 
reduced the exposure time of sedimentary Fe oxides to dissolved sulfi de, allowing a portion of 
Fe oxides to remain preserved below the newly established SMTZ and facilitating Fe-AOM (Fig. 
2.6). Because many coastal environments have experienced eutrophication in recent decades 
(Diaz and Rosenberg, 2008), we postulate that such transient diagenesis may be widespread, 
creating similar zones of Fe-AOM in Fe oxide rich brackish coastal sediments worldwide.

2.4 Biogeochemical implications

Although Fe oxides are abundant in the sediments below the SMTZ, their bioavailability may 
be limiting Fe-dependent AOM. Th is is implied by the coexistence of both CH4 and Fe oxides in 
the same zone and the clear stimulation of CH4 oxidation aft er addition of Fe nanoparticles. Our 
incubation and modeling results suggest that Fe-AOM accounts for ~ 3 % of total CH4 removal 
in Bothnian Sea sediments (see Appendix 2.C for calculations), contributing strongly to Fe2+ 
production due to the 8:1 Fe-CH4 stoichiometry (Eq. II). Th e remaining CH4 is likely removed 
by SO4-AOM and aerobic CH4 oxidation at the sediment surface. Th e large amount of reactive Fe 
oxides needed to oxidize signifi cant amounts of CH4 and the low measured reaction rates (Fig. 
2.3) imply that Fe-AOM probably does not contribute more than a few percent to CH4 oxidation 
in modern marine and brackish surface sediments. However, Fe-AOM could signifi cantly impact 
the biogeochemical cycles of other elements. For example, high pore water Fe2+ may be especially 
conducive to in situ formation of ferrous-phosphate minerals, thus increasing the sequestration of 
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phosphorus in the sediment and providing a negative feedback on coastal eutrophication (Slomp 
et al., 2013). By inducing nonsteady state diagenesis in aquatic sediments, future climate change 
and eutrophication may increase the global importance of Fe-AOM and its impact on other 
biogeochemical cycles.
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Appendix 2.A: Iron extraction results

Results for the Fe(ox1) and Fe(carb) fractions suggest that most of the AVS (Acid Volatile Sulfide) 
present in the SMTZ was extracted during those two initial extraction steps (Fig. A2.1). Thus, AVS 
was subtracted from the sum of the Fe(ox1) + Fe(carb) within the SMTZ (“Fe oxides”). The Fe(ox1) 
fraction includes ferrihydrite and lepidocrocite. Fe(ox2) is assumed to represent Fe associated 
with goethite, hematite and akagenéite. Fe(carb) is an estimate for Fe associated with siderite and 
ankerite. Fe(magn) represents Fe in recalcitrant oxides (mostly magnetite) (Poulton and Canfield, 
2005).

Fig. A2.1 | Different Fe fractions extracted using the sequential extraction procedure after Poulton and Canfield 
(2005).

Appendix 2.B: Determination of Fe-AOM rate

The rate of Fe-AOM was estimated based on linear intervals of 13CO2 production after the initial 
(0 days; (A)) and second (55 days; (B)) Fe(III) addition (Fig. A2.2). In total, 8 different slopes were 
calculated from slurry incubations of sediments from 20-30 cm and 30-35 cm depth. Headspace 
13CO2 concentrations are corrected for dissolved 13CO2 and changes in the slurry volume during the 
experiment.

Fig. A2.2 | Determination of Fe-AOM rate based on 13CO2 production with time. Grey areas indicate linear intervals 
taken for the calculations.
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Appendix 2.C: Pore water calculations

The diffusive flux of dissolved Fe2+ into the SMTZ can be used to estimate the rate of Fe reduction 
below the SMTZ. Thus, assuming that all of the Fe reduction below the SMTZ is due to Fe-AOM 
and limited removal of dissolved Fe2+ below the SMTZ, one can estimate the contribution of CH4 
removal by Fe-AOM to the total amount of CH4 removed in the sediment.
Pore water gradients were used to calculate diffusive fluxes of CH4 and Fe2+ into the SMTZ applying 
Fick’s first law (Berner, 1980):

where J equals the diffusive flux in mol m-2 yr-1, ϕ is the measured porosity, Ds is the sediment 
diffusion coefficient in m2 yr-1, C is the concentration of molecule i in mol m-3, and x is the depth in 
m. Sediment diffusion coefficients were calculated as follows:

where Di,sw (diffusive flux of i in seawater) was corrected for in-situ temperature and salinity 
according to Boudreau (1997). Based on the pore water profiles, our estimated diffusive fluxes for 
CH4 and Fe2+ are JCH4 = 60 µmol cm-2 yr-1 and JFe2+ = 13 µmol cm-2 yr-1, respectively. Thus, taking into 
account that only one molecule of CH4 is needed to reduce 8 Fe(OH)3, CH4 removal by Fe-AOM 
is estimated to account for about 3 % of total CH4 removal. If part of the Fe2+ production below 
the SMTZ were still due to organoclastic Fe reduction, the contribution of the Fe-AOM to the total 
removal of CH4 would even be lower. Thus, the 3 % should be seen as an upper estimate.

Appendix 2.D: Diffusion model parameters

Implemented rate constants (Table A2.1) for SO4-AOM (32.2 yr-1) and Fe-AOM (0.64 yr-1) are based 
on pore water profiles of CH4 and Fe2+. CH4 production rates were chosen in each scenario such 
that the model best represents measured values of dissolved CH4. Diffusive mixing reduces pore 
water gradients and therefore will also result in a reduction of isotope differences along a gradient, 
lowering the isotopic fractionation implemented in the model (‘effective AOM fractionation’) 
to the one derived from Fig. 2.4 (‘apparent AOM fractionation’, with εH = 98 ‰ and εC = 9 ‰). 
Effective fractionation factors for SO4-AOM (εH = 138 ‰ and εC = 13 ‰) were therefore estimated 
by fitting the model with the observations in the top 8.5 cm, i.e. the zone with SO4-AOM as the 
main mechanism effecting pore water CH4. As an approximation, isotope fractionation for Fe-AOM 
was assumed to be the same as for SO4-AOM. In a last step, δD and δ13C source signatures for 
methanogenesis were defined.

J = -ϕDs

∆Ci

∆x

Ds = 
Di,sw

1 - lnϕ2
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Table A2.1 | Model parameters used for the column diffusion model at site US5B.

Parameter Unit With Fe-AOMa No Fe-AOMb Diffusion onlyc

SO4-AOM rate constant yr-1 32.2 32.2 32.2
Fe-AOM rate constant yr-1 0.64 - -

CH4 production rate constant yr-1 3.6 1.6 -

εH AOM ‰ -138 -138 -138
εC AOM ‰ -13 -13 -13
εDiffusion ‰ 3 3 3

δD source ‰ -305 -255 -
δ13C source ‰ -78.7 -75.7 -

a SO4-AOM at top (0-8.5 cm), Fe-AOM and methanogenesis below (8.5-36 cm); b SO4-AOM at top (0-8.5 cm), only methanogenesis 
below (8.5-36 cm), c SO4-AOM at top (0-8.5 cm); no Fe-AOM and no methanogenesis below (8.5-36 cm)
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Chapter 3:

Iron-dependent anaerobic oxidation of 
methane in coastal surface sediments: 

potential controls and impact
With Rooze, J., Tsandev, I. and Slomp, C. P.

Abstract

Anaerobic oxidation of methane (AOM) is an important process of methane (CH4) removal in 
sediments. Various studies suggest that AOM coupled to iron oxide (Fe(OH)3) reduction (Fe-AOM) 
may complement sulfate-driven AOM in CH4-rich sediments. Here, we apply a transient reaction-
transport model to depth profiles of key pore water and sediment constituents for a site in the 
Bothnian Sea where Fe-AOM has been suggested to occur. At the site, increased eutrophication 
has led to an upward shift of the sulfate-methane transition zone, submerging Fe(OH)3 in a 
zone with high methane concentrations. Fe-AOM is thought to lead to a strong accumulation 
of dissolved iron (Fe2+) in the pore water. Results of a sensitivity analysis identify three potential 
controls on the occurrence of Fe-AOM in coastal surface sediments: (1) bottom-water sulfate (SO4

2-

) concentrations, (2) Fe(OH)3 availability, and (3) organic matter loading. In-situ CH4 production 
is particularly sensitive to the organic matter loading and SO4

2- bottom-water concentration, with 
higher SO4

2- concentrations significantly inhibiting methanogenesis and decreasing the potential 
rates of Fe-AOM. We find that only environments with a low salinity and a relatively high Fe(OH)3 
loading allow for Fe-AOM to occur in surface sediments. This suggests that Fe-AOM in surface 
sediments is restricted to areas with relatively high rates of sediment deposition such as estuaries 
and other nearshore systems. By enhancing pore water Fe2+ concentrations in surface sediments 
and the flux of Fe2+ from sediments to the overlying water, Fe-AOM may contribute to the lateral 
transfer of iron (“iron shuttling”) from the coastal zone to deep basins.
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3.1 Introduction

Methane (CH4) is produced in sediments by methanogens during the last step of the microbial 
breakdown of organic matter. As CH4 is a 28-34 times more potent greenhouse gas than carbon 
dioxide (CO2) on a centennial time scale (Myhre et al., 2013), understanding its fate in sediments 
is important. The oxidation of CH4 to CO2 is facilitated by methanotrophs, which gain energy from 
these reactions. Various electron acceptors can be involved in this process. Anaerobic oxidation of 
CH4 coupled to sulfate (SO4

2-) reduction (SO4-AOM) is considered to be the largest CH4 sink in 
marine sediments (Knittel and Boetius, 2009; Reeburgh, 2007). In the upper few millimeters of the 
sediment, CH4 oxidation can also be coupled to oxygen (O2) reduction (Boetius et al., 2000; Martens 
and Berner, 1974; Reeburgh, 2007). Laboratory studies have shown that under thermodynamically 
favorable conditions nitrite and nitrate may also be used to oxidize CH4 (Ettwig et al., 2008; 
Raghoebarsing et al., 2006; Segarra et al., 2013).

Metal oxides, specifically iron oxides (Fe(OH)3) and manganese oxides (MnO2), are another 
group of electron acceptors posited to facilitate anaerobic oxidation of CH4 (AOM) in the absence 
of SO4

2-. The first evidence for a potential coupling between AOM and metal oxide reduction in 
marine CH4-seep sediments was deduced from incubation experiments with 13C-labeled CH4 (Beal 
et al., 2009). When MnO2 or Fe(OH)3 were added, 13CO2 accumulated over time, whereas this did 
not occur in the absence of other electron acceptors or if the samples were autoclaved. The net 
reaction (Eq. I) proposed for AOM coupled to Fe oxide reduction (Fe-AOM) by Beal et al. (2009) 
consumes 8 moles of Fe(OH)3 for each mole of CH4 oxidized:

CH4 + 8Fe(OH)3 + 15H+ → HCO3
- + 8Fe2+ + 21H2O                    (I)

 Other incubation experiments using brackish sediments (Egger et al., 2015b; Segarra et al., 
2013) also point to a decoupling of AOM from SO4

2- reduction and the potential role of Fe(OH)3 as 
the electron acceptor.

In-situ observation of this process in natural sediments has been more challenging, as a clear 
microbiological or geochemical signature of Fe-AOM has not yet been established. Environments 
with the potential to host Fe-AOM have been identified in numerous studies and include lake 
sediments (Adler et al., 2011; Norði et al., 2013; Sivan et al., 2011), hydrothermal vent sediments 
(Wankel et al., 2012), brackish surface sediments (Egger et al., 2015b; Segarra et al., 2013; Slomp et 
al., 2013) and the deep subsurface of marine sediments (Riedinger et al., 2014; Treude et al., 2014). 
Some of these studies (Egger et al., 2015b; Riedinger et al., 2014; Slomp et al., 2013) argue for the 
presence of AOM coupled to the reduction of metal oxides on the basis of strong circumstantial 
geochemical evidence. However, the microbes facilitating these reactions have yet to be identified. 
Furthermore, laboratory experiments with seep sediments recently revealed that the presence of 
Fe(OH)3 may stimulate SO4-AOM, likely through a cryptic sulfur cycle (Holmkvist et al., 2011a; 
Sivan et al., 2014). Fe-AOM could thus also be, at least partly, the result of indirect Fe stimulated 
SO4-AOM.

Little is known about the controls on Fe-AOM rates and what environmental conditions may 
favor this reaction. The concurrent presence of dissolved CH4 and abundant reducible Fe(OH)3 in 
marine sediments requires burial of Fe(OH)3 below the zone of SO4

2- reduction. Previous studies 
suggest that such a situation can occur in sediments that either receive a high input of Fe oxides or 
are subject to transient diagenesis (Egger et al., 2015b; Riedinger et al., 2014). In coastal sediments, 
increased inputs of organic matter to the sediment linked to anthropogenic eutrophication can 
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induce such transient diagenesis and thus lead to a vertical upward migration of the sulfate/methane 
transition zone (SMTZ) and the presence of Fe oxides below the SMTZ (Egger et al., 2015b; Slomp 
et al., 2013). To date, the biogeochemical significance of the Fe-AOM reaction in coastal sediments 
remains unclear.

An important consideration regarding the occurrence of Fe-AOM in near surface sediments 
is whether the reaction enhances the release of dissolved ferrous iron (Fe2+) from the sediment to 
the overlying water column. In the case of the Bothnian Sea, Fe2+ may be transported to the Baltic 
Proper, thus potentially contributing to the shelf-to-basin shuttling of iron (Fe) (Fehr et al., 2010; 
Jilbert and Slomp, 2013a). Following this mechanism, Fe2+ released from oxic or hypoxic shelf 
sediments is transported towards adjacent deeper basins, either in the form of Fe2+ (in an anoxic 
water-column) or as reactive colloidal or nanoparticulate Fe(OH)3 (in oxic waters). If the basins 
are anoxic and sulfidic (euxinic), Fe is trapped in the form of Fe sulfides (FeS and FeS2), and is 
subsequently permanently buried in the sediment (Lyons and Severmann, 2006; Raiswell and 
Canfield, 2012; Wijsman et al., 2001). Some of the laterally transported iron (Fe) may also reach the 
surface waters where it may contribute to the development of cyanobacterial blooms (Breitbarth 
et al., 2009). This highlights how enhanced Fe2+ effluxes due to Fe-AOM could potentially have 
significant implications for the functioning of coastal ecosystems.

In this study, we develop a reactive transport model to simulate the cycling of carbon 
(C), nitrogen, O2, phosphorus (P), sulfur (S), and Fe in coastal marine sediments subject to 
anthropogenic eutrophication. We use our model to simulate selected pore water and sediment 
profiles from the Bothnian Sea as published previously (Egger et al., 2015a, 2015b). We then 
perform a sensitivity study to assess which factors could control the rate of Fe-AOM in coastal 
marine sediments with the additional aim of identifying environments where Fe-AOM is likely 
to take place. We also look for potential geochemical signatures – in the form of a profile or a 
combination of profiles – that may signal the occurrence of Fe-AOM (e.g. high dissolved Fe2+ below 
the SMTZ). We find that a relatively low water column salinity (and correspondingly low SO4

2- 
concentration) and high Fe(OH)3 availability to be critical parameters controlling Fe-AOM.

3.2 Methods

3.2.1 Model description
A transient diagenetic model was developed simulating the cycling of 21 chemical species in the 
sediment (Table 3.1). The model domain is represented by a one-dimensional grid of 550 cells 
that captures the interval from the sediment-water interface (SWI) to a depth of 55 cm. Key 
environmental parameters, such as the porosity, temperature and transport characteristics of the 
sediment were either taken from literature or constrained from the model (Table 3.2). The model 
accounts for biogeochemical reactions (Table 3.3) and transport processes through burial and 
bioturbation, as well as molecular/ionic diffusion for dissolved species (Boudreau, 1997; Soetaert 
et al., 1996; Wang and Van Cappellen, 1996). The distribution of solid and dissolved species is 
described by Eqs. (II) and (III), respectively:

             (II)(1 - ϕ)
∂Ci

∂t
=

∂
∂x ((1 - ϕ) Db

∂Ci

∂x
- (1 - ϕ)vCi)+ R
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Species Notation Type

Organic mattera OMα,β,γ Solid

Oxygen O2 Solute

Nitrate NO3
- Solute

Sulfate SO4
2- Solute

Iron oxidesb Fe(OH)3
α,β,γ Solid

Methane CH4 Solute
Iron Fe2+ Solute
Ammoniumc ∑NH4

+ Solute
Hydrogen sulfidec ∑H2S Solute
Elemental sulfur S0 Solid
Iron monosulfide FeS Solid
Pyrite FeS2 Solid
Phosphatec ∑HPO4

2- Solute
Dissolved inorganic carbon DIC Solute
Iron-oxide bound phosphorus FeoxP Solid
Siderite FeCO3 Solid
Vivianite Fe3(PO4)2 Solid

aSuperscript “α”, “β”, and “γ” denote highly reactive, less reactive, and refractory organic matter, respectively; bSuperscript “α”, “β”, 
and “γ” denote an increase in the degree of crystallinity; c∑ denotes that all species of an acid are included.

          (III)

  
where Ci and Cj denote concentrations of solid and dissolved species, respectively. ϕ represents 
the sediment porosity, Db the bioturbation coefficient, Dj the diffusion coefficients of dissolved 
species in the sediment, and v and u the advective velocities of the solid and the dissolved phases, 
respectively (Table 3.2). The R term denotes the net source or sink of a chemical species from the 
sum of chemical reactions it participates in.

 To account for sediment compaction, the porosity is described by 
 
         (IV)

where x is the depth in the sediment, ϕ0 the porosity at the top of the sediment, ϕ∞ the porosity 
at depth in the sediment, and γ the porosity attenuation factor (e-folding distance, see Table 3.2). 
Diffusion coefficients Dj in the sediment were calculated as a function of temperature and salinity 
(Table 3.2) following Boudreau (1997) and include a correction for the tortuosity θ in the porous 
medium (Boudreau, 1996), where θ is calculated as follows

        (V)

 The coefficient Db was used to account for transport of solids and solutes caused by mixing of 
the sediment through macrofaunal activity, i.e. bioturbation, and was implemented as

        (VI)

ϕ
∂Cj

∂t
=

∂
∂x (ϕ (Dj + Db )

∂Cj

∂x
- ϕuCj)+ R

ϕ(x) = ϕ∞ + (ϕ0 - ϕ∞ )e
x
γ-

2 = 1 - 2 ln(ϕ)θ

Db(x) = Db0e
x
ζ-

Table 3.1 | Chemical species included in the model
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Table 3.2 | Environmental parameters used in the model

Description Symbol Value or Expression Source

Porosity at surface ϕ0 0.94 Egger et al. (2015b)

Porosity at depth ϕ∞ 0.89 Egger et al. (2015b)

Porosity e-folding distance γ 5 cm Model constrained
Sediment density ρ 2.65 g cm-3 Reed et al. (2011a)
Temperature T 4 0C Egger et al. (2015b)
Salinity S 6 Egger et al. (2015b)

Advective velocity (cm yr-1) of solids at depth v∞

Fsed

ρ(1-ϕ∞ )
-

Bioturbation coefficient at SWI Db0 2.7 cm2 yr-1 Reed et al. (2011a)
Mixed layer depth ζ 4 cm Model constrained

Note: At this site, lugworms were absent (Norkko, personal communication), making bioirrigation a negligible process.

where Db0 denotes the bioturbation coefficient near the SWI and ζ the mixed layer depth (Table 3.2). 
Following Meysman et al. (2005), the advective velocities v and u of solids and solutes, respectively, 
caused by sediment accumulation were described by depth-dependent functions to account for 
changes in the porosity.

The reaction network in the model describes the breakdown of organic matter, the re-oxidation 
of reduced metabolites, and various mineral formation and dissolution reactions (Table 3.3). 
Organic matter degradation occurs through respiratory reactions in which O2, Fe(OH)3, NO3

-, and 
SO4

2- serve as terminal electron acceptors and through methanogenesis. Following the multi-G 
approach (Jørgensen, 1978; Westrich and Berner, 1984), three state variables for organic matter 
were used to distinguish between highly reactive (α), less reactive (β), and non-reactive (γ) material. 
For Fe(OH)3 an α, β and γ phase was included to denote variations in crystallinity, which affect 
the reactivity of Fe(OH)3 towards organic matter and dissolved sulfide (Tables 3.3 and 3.4). The α 
phase reacts with both organic matter and sulfide, the β phase persists in the sediment past organic 
matter degradation but is susceptible to sulfide scavenging, while the γ phase is not reactive at all. 
The segregated reactivity of the different Fe(OH)3 forms was necessary to allow Fe(OH)3 to persist 
past the zone of organoclastic Fe(OH)3 reduction (avoiding reaction with organic matter) and to be 
reduced at further depth, creating the observed Fe2+ accumulation. The model includes oxidation 
of CH4 coupled to O2, SO4

2-, and Fe(OH)3, where CH4 is assumed to react with both the α and β 
phase of Fe(OH)3. Although MnO2 has also been shown to be a thermodynamically favorable 
electron acceptor for AOM (Beal et al., 2009), this study focuses on the potential role of Fe(OH)3 for 
AOM only due to the relatively low sedimentary manganese content below the SMTZ at site US5B 
(< 40 µmol g-1) when compared to Fe (Egger et al., 2015a) and the likely presence of most of the 
manganese in the form of manganese carbonate at the relevant depths.

Dissolved inorganic carbon (DIC) and pore water phosphate (HPO4
2-) were included 

in the model to allow formation of the reduced Fe minerals siderite (FeCO3) and vivianite 
(Fe(II)3(PO4)*8H2O), which act as key sinks for pore water Fe2+ (Tables 3.3 and 3.4). DIC was 
calculated as the sum of the C in CO2 and HCO3

- that was produced or consumed in the modeled 
reactions (Table 3.3). Dissolved HPO4

2- was allowed to adsorb to existing Fe(OH)3
α,β (see R22, Table 

3.3). It was assumed that the initial P:Fe ratios (χ) of Fe(OH)3 arriving at the sediment surface (χα 
= 0.18, χβ = 0.1) were lower than an estimated maximum binding capacity of Fe(OH)3 under high 
HPO4

2- pore water concentrations (χα
max = 0.25, χβ

max = 0.14). The boundary conditions at the SWI 
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Primary redox reactions*

OMα,β + aO2 → aCO2 + bNH4
+ + cH3PO4 + aH2O R1

OMα,β + 0.8aNO3
- + 0.8aH+ → aCO2 + bNH4

+ + cH3PO4 + 0.4aN2 + 1.4aH2O R2

OMα,β + 4aFe(OH)3
α + 4aχα FeoxP + 12aH+ → aCO2 + bNH4

+ + (c+4aχα)H3PO4 + 4aFe2+ + 13aH2O R3
OMα,β + 0.5aSO4

2- + aH+ → aCO2 + bNH4
+ + cH3PO4 + 0.5aH2S + aH2O R4

OMα,β → 0.5aCO2 + bNH4
+ + cH3PO4 + 0.5aCH4 R5

Secondary redox and other reactions†

2O2 + NH4
+ + 2HCO3

- → NO3
- + 2CO2 + 3H2O R6

O2 + 4Fe2+ + 8HCO3
- + 2H2O + 4χαH2PO4

- → 4Fe(OH)3
α + 4χαFeoxP + 8CO2 R7

2O2 + FeS → SO4
2- + Fe2+ R8

7O2 + 2FeS2 + 2H2O → 4SO4
2- + 2Fe2+ + 4H+ R9

2O2 + H2S + 2HCO3
- → SO4

2- + 2CO2 + 2H2O R10
2O2 + CH4 → CO2 + 2H2O R11
2Fe(OH)3

α,β + 2χα,βFeoxP + H2S + 4CO2 → 2Fe2+ + 2χα,βH2PO4
- + S0 + 4HCO3

- + 2H2O R12
Fe2+ + H2S → FeS + 2H+ R13
SO4

2- + CH4 + CO2 → 2HCO3
- + H2S R14

CH4 + 8Fe(OH)3
α,β + 8χα,βFeoxP + 15H+ → HCO3

- + 8Fe2+ + 8χα,βH2PO4
- + 21H2O R15

4S0 + 4H2O → 3H2S + SO4
2- + 2H+ R16

FeS + S0 → FeS2 R17
Fe(OH)3

α + (χα - χβ)FeoxP → Fe(OH)3
β + (χα - χβ)H2PO4

- R18
3Fe2+ + 2HPO4

2- → Fe3(PO4)2 + 2H+ R19
Fe2+ + CO3

2- → FeCO3 R20
FeS + H2S → FeS2 + H2 R21
Fe(OH)3

α,β + (χmax
α,β - χα,β)H2PO4

- → Fe(OH)3
α,β + (χmax

α,β - χα,β)FeoxP R22

*Organic matter (OM) is of the form (CH2O)a(NH4
+)b(PO4

3-)c, with ‘a = 106’, ‘b= 15.4’, and ‘c = 1’ refer to the C:N:P ratio in organic 
matter. χα,β,γ denote the P:Fe ratio of Fe(OH)3

α,β, which were estimated based on the sedimentary profiles of HPO4
2- and Fe-bound P 

(χα = 0.18, χβ = 0.1 and χγ = 0.06).

were specified as variable, time-dependent fluxes for total sediment accumulation and inputs of 
organic matter and Fe(OH)3 (see model application section), and as constant fluxes for all other 
solids and fixed concentrations for dissolved species (Table 3.5). For all species a zero gradient 
boundary condition was set at the bottom of the model domain. Bottom-water O2 and SO4

2- 
concentrations were imposed, while the concentrations of reduced species were set to zero. All CH4 
was assumed to be produced within the model domain.

The model code was written in R using the marelac (Soetaert et al., 2010) geochemical dataset 
package and the ReacTran (Soetaert and Meysman, 2012) package to calculate the transport in 
porous media. The ordinary differential equations were solved with the lsoda integrator algorithm 
(Hindmarsh, 1983; Petzoldt, 1983).

3.2.2 Model application and sensitivity analyses
The model was applied to a site in the Bothnian Sea, which is a brackish coastal basin with an 
average bottom water salinity of 5-6. The site considered, US5B, is located in the deepest part of 
the basin at 214 m water depth and is characterized by fine-grained, organic-rich sediments. The 
recent upward displacement of the SMTZ at this site and subsequent fixation of its position near the 
sediment surface reflects strong temporal changes in organic matter input over the past decades that

Table 3.3 | Reaction pathways and stoichiometries implemented in the model
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Table 3.4 | Reaction equations implemented in the model

Primary redox reaction equations

( [O2]

KO2 + [O2]
R1 = kα,βOMα,β ) E1

R2 = kα,βOMα,β( [NO3
-]

KNO3
- + [NO3

-])( KO2

KO2 + [O2]) E2

R3 = kα,βOMα,β( [Fe(OH)3
α]

KFe(OH)3
α + [Fe(OH)3

α])( KNO3
-

KNO3
- + [NO3

-])( KO2

KO2 + [O2]) E3

R4 = kα,βOMα,β( [SO4
2-]

KSO4
2- + [SO4

2-] )( KFe(OH)3
α

KFe(OH)3
α + [Fe(OH)3

α])( KNO3
-

KNO3
- + [NO3

-])( KO2

KO2 + [O2]) E4

R5 = kα,βOMα,β( KSO4
2-

KSO4
2- + [SO4

2-] )( KFe(OH)3
α

KFe(OH)3
α + [Fe(OH)3

α])( KNO3
-

KNO3
- + [NO3

-])( KO2

KO2 + [O2]) E5

Secondary redox and other reaction equations

R6  = k1[O2][NH4
+] E6

R7  = k2[O2][Fe2+] E7
R8  = k3[O2][FeS] E8
R9  = k4[O2][FeS2] E9
R10 = k5[O2][∑H2S] E10
R11 = k6[O2][CH4] E11
R12 = k7[Fe(OH)3

α,β][∑H2S] E12
R13 = k8[Fe2+][∑H2S] E13
R14 = k9[SO4

2-][CH4] E14
R15 = k10[Fe(OH)3

α,β][CH4] E15
R16 = k11[S0] E16
R17 = k12 [FeS] [S0] E17
R18 = k13 [Fe(OH)3

α] E18
R19 = k14 [Fe2+] [HPO4

2-] E19
R20 = k15 [Fe2+] [DIC] E20
R21 = k16 [FeS] [∑H2S] E21
R22 = k17[Fe(OH)3

α,β][HPO4
2-] E22

have been attributed to a period of eutrophication followed by a recovery phase (Egger et al., 
2015a, 2015b; Slomp et al., 2013). These observations are in accordance with long-term monitoring 
studies based on inorganic nutrients, water transparency and chlorophyll a in the Bothnian Sea 
that reveal substantial changes in anthropogenic loading of land-derived nutrients over recent 
decades (Fleming-Lehtinen and Laamanen, 2012; Fleming-Lehtinen et al., 2008; Savchuk et al., 
2008). Sedimentation rates at this site have previously been estimated to be high (up to 1.9 cm yr-1) 
and have been shown to vary in space and time (Egger et al., 2015a; Mattila et al., 2006). Repeated 
sampling campaigns indicate that the depth of the peak in solid phase sulfur associated with the 
SMTZ did not change position relative to the sediment-water interface between 2008 and 2012, 
suggesting a recent decline in sedimentation rate (Egger et al., 2015a).

The model was calibrated to depth profiles of sediment organic C, porosity, solid S (including 
FeS and FeS2), Fe(OH)3, siderite, Fe-bound P (which represents both P associated with Fe(OH)3 
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Table 3.5 | Boundary conditions in the model. See Fig. 3.1 for the time-dependent organic matter and Fe(OH)3 
fluxes at the SWI. The flux of organic matter is in units of C. The flux of FeCO3 was adjusted to the time-dependent 
sedimentation rate to allow for a constant background concentration of FeCO3 of 120 µmol g-1 with depth in the 
sediment.

Solids Flux at SWI

J(FeS) 0 mol m-2 yr-1

J(FeS2) 0 mol m-2 yr-1

J(S0) 0 mol m-2 yr-1

J(FeoxP) 0.1 mol m-2 yr-1

J(FeCO3) 0.02 - 0.76 mol m-2 yr-1

Solutes Bottom-water concentration

[O2] 0.18 mol m-3

[NO3
-] 0.01 mol m-3

[SO4
2-] 4.8 mol m-3

[Fe2+] 0 mol m-3

[H2S] 0 mol m-3

[NH4
+] 0 mol m-3

[HPO4
2-] 0.01 mol m-3

[DIC] 0.15 mol m-3

For all chemical species a zero-gradient boundary condition was specified at the bottom of the model domain.

HPO4
2- that were collected at site US5B in August 2012 (Egger et al., 2015a, 2015b). Reaction 

(FeoxP) and P in vivianite (Fe3(PO4)2)) and pore water profiles of CH4, SO4
2-, NH4

+, ΣH2S, Fe2+ and 
parameters were mostly taken from the literature (Table 3.6). Where parameters were not available 
or no fit to the data could be obtained with existing parameter ranges, reaction parameters were 
constrained using the model. The relevant parameters are k7

β, k8, k10, k12, k14, k15, k16, and k17 (Table 
3.6) and thus include the rate constant of AOM coupled to Fe(OH)3 (k10). Rate constants for the 
reaction of dissolved sulfide with Fe(OH)3

α and Fe(OH)3
β differed slightly (k7

α and k7
β, Table 3.6). 

This is in accordance with differences in reactivity of Fe oxide minerals of varying crystallinity to 
dissolved sulfide as reported in the literature (Canfield et al., 1992; Poulton et al., 2004).

The model was run to steady state for 110 years and temporal changes in organic matter and 
Fe(OH)3 loading and sediment accumulation rates were then adjusted to fit the data (Fig. 3.1). The 
resulting scenario for this site is as follows: Sedimentation rates were initially high at 0.50 g cm-2 
yr-1 around 1970, reached a maximum of 0.63 g cm-2 yr-1 between the years 1992-2002 and then 
rapidly decreased during the last 10 years of the simulation (0.03 g cm-2 yr-1). Before the onset of 
anthropogenic eutrophication, the influx of organic C (Corg) was 6.2 mol m-2 yr-1 (Fig. 3.1), which 
falls within the range of 1.1 to 8.2 mol m-2 yr-1 estimated previously for Bothnian Sea sediments 
(Algesten et al., 2006). The organic matter loading then began to increase followed by a large organic 
matter pulse during the late 1990s and early 2000s and lower inputs during the last 10 years (Fig. 
3.1). Fe(OH)3 fluxes increased during the late 1990s and early 2000s and subsequently decreased 
during the last 10 years (Fig. 3.1), consistent with changes in organic matter loading.

The transient evolution of organic matter loading reported here compares well to qualitative 
trends reported in previous studies on eutrophication in the Bothnian Sea (Fleming-Lehtinen 
and Laamanen, 2012; Fleming-Lehtinen et al., 2008). No quantitative data are available to further 
constrain our scenario. However, we note that, based on the location of our study site in a deep 
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Parameter Value Units Source Range given by source, 
(values used by source)

kα 1.62 yr-1 Reed et al. (2011a) 1.62

kβ 0.0086 yr-1 Reed et al. (2011a) 0.0086

Km,O2 20 μM Wang and Van Cappellen (1996) 1 - 30, (20)
Km,NO3- 4 μM Wang and Van Cappellen (1996) 4 - 80, (2)
Km,Fe(OH)3α 65 μmol g-1 Wang and Van Cappellen (1996) 65 - 100, (65, 100)
Km,SO42- 1.6 mM Wang and Van Cappellen (1996) 1.6, (1.6)
k1 5000 mM-1 yr-1 Wang and Van Cappellen (1996) 10000, (5000)
k2 140000 mM-1 yr-1 Wang and Van Cappellen (1996) 140000, (140000)
k3 300 mM-1 yr-1 Wang and Van Cappellen (1996) 300, (300)
k4 1 mM-1 yr-1 Wang and Van Cappellen (1996) 1, (1)
k5 160 mM-1 yr-1 Wang and Van Cappellen (1996) ≥ 160, (160)
k6 107 mM-1 yr-1 Wang and Van Cappellen (1996) 107, (107)
k7

α 8 mM-1 yr-1 Wang and Van Cappellen (1996) ≤ 100, (8)
k7

β 5.6 mM-1 yr-1 Wang and Van Cappellen (1996) ≤ 100, (8)
k8 1000 mM-1 yr-1 - Model constrained
k9 120 mM-1 yr-1 Wang and Van Cappellen (1996) 10, (10)
k10 0.0074 mM-1 yr-1 - Model constrained
k11 3 yr-1 Berg et al. (2003) 3, (3)
k12 0.001 mM-1 yr-1 - Model constrained
k13 0.6 yr-1 Berg et al. (2003) 0.6, (0.6)
k14 0.51 mM-1 yr-1 - Model constrained
k15 0.39 mM-1 yr-1 - Model constrained
k16 0.001 mM-1 yr-1 - Model constrained
k17 0.047 mM-1 yr-1 - Model constrained

basin, it is likely that major shifts in lateral input of organic matter and Fe(OH)3, as well as sediment 
focusing play a key role in controlling the strong temporal changes. Eutrophication-induced 
temporal changes in lateral transfer of Fe from shallow areas to deep basins have been well-
described for other Baltic Sea basins (Fehr et al., 2010; Jilbert and Slomp, 2013a; Lenz et al., 2015b).

The transient scenario described above (“baseline scenario”) is subsequently used in a sensitivity 
analysis. In this analysis, the effects of variations in single parameters on the system were evaluated 
by running the scenario again but in this case setting the organic matter and Fe oxide loadings, 
the O2 and SO4

2- bottom-water concentrations, and the rate parameter of Fe-AOM (k10, Table 3.6) 
to 80 and 120 % of the original values (specified in the baseline scenario). To assess the role of 
environmental forcing in more detail, the organic matter loading was also changed simultaneously 
with the loading of Fe(OH)3 and SO4

2- bottom-water concentration.

3.3 Results
The modeled and measured depth profiles of the various pore water constituents (CH4, SO4

2-, 
NH4

+, ∑H2S, and Fe2+) for the year 2012 are similar and in line with an SMTZ that is located very 
close to the SWI (Fig. 3.2). Pore water SO4

2- and sulfide are only present in the upper 12 cm of 
sediment. A strong enrichment of total S and depletion of Fe oxides is observed in the SMTZ. Below 
12 cm depth, Fe2+ builds up in the absence of dissolved sulfide and accumulates to ~ 1.8 mmol L-1. 
The reductive dissolution of Fe(OH)3 by sulfide results in a release of HPO4

2- into the pore water 

Table 3.6 | Reaction parameters used in the model.
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Fig. 3.1 | Time-dependent sedimentation rate and fluxes of organic matter (OM) and Fe oxides (Fe(OH)3) at the 
sediment surface as implemented in the baseline scenario.

Fig. 3.2 | Depth profiles of key pore water and solid phase constituents for a location in the Bothnian Sea for 2012 (site 
US5B, water depth 214 m; Egger et al. (2015a) and (2015b)) plotted along with best model fits.
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around the SMTZ. Part of the liberated HPO4
2- diff uses downwards below the SMTZ where it 

precipitates with Fe2+ to form authigenic vivianite, a reduced Fe phosphate mineral. Some of the 
HPO4

2- becomes re-adsorbed to Fe oxides (see Appendix 3.A). Pore water Fe2+ also precipitates as 
siderite (Fig. 3.2).
 Th e temporal trends in the pore water and solid phase constituents as modeled for 1970 to 2012
reveal a highly dynamic system (Fig. 3.3). Th e increase in organic matter loading between 1970 and 
2002 has a strong impact on the SO4

2- penetration depth, which decreases from > 50 cm in 1970 to < 
5 cm in 2002. Over time, dissolved NH4

+ and CH4 accumulate in the pore water. From the year 2000 
onwards, dissolved sulfi de emerges in the pore water and signifi cantly more sulfi de is stored in solid 
phases. Concentrations of Fe(OH)3 at depth decrease signifi cantly between 1990 and 2012, while 
dissolved Fe2+ and siderite accumulate.
 Following the onset of more eutrophic conditions, the organoclastic Fe(OH)3 and SO4

2- 
reduction rates shoal and intensify, while the importance of methanogenesis increases with time 
(Fig. 3.4). Th e oxidation of CH4 with O2, Fe(OH)3, and SO4

2- intensifi es and the reaction fronts move 
upwards towards the SWI. Aft er 2002, the CH4 oxidation rates decrease and reaction fronts move to 
slightly greater depth.
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Fig. 3.3 | Time-dependent evolution of key pore water and solid phase constituents with depth as calculated for the 
baseline scenario (1970 to 2012).
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Fig. 3.4 | Time-dependent reaction profiles with depth as calculated for the baseline scenario (1970 to 2012). Rates are 
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Fig. 3.5 | Budgets of C and Fe for the year 2012 in the baseline scenario. The fluxes in parentheses are in mol C m-2 yr-1 
and mol Fe m-2 yr-1 in the left and right panels, respectively.
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 Depth-integrated rates of transformations of CH4 and Fe in the sediment for 2012 suggest that 
nearly all CH4 produced in the sediment is oxidized (Fig. 3.5). Fe-AOM accounts for 9 % of total 
CH4 oxidation, while SO4

2- and O2 account for 90 % and 1 %, respectively. Iron cycling is strongly 
affected by Fe-AOM (Fig. 3.5), as it accounts for 46 % of Fe oxides reduction (Fig. 3.5). A significant 
proportion of the pore water Fe2+ precipitates as either FeSx, siderite, or vivianite and is subsequently 
buried.

Changing the rate of reactive organic matter deposition within 20 % of the model calibration 
has a noticeable effect on the CH4 (Fig. 3.6a). A lower organic matter flux leads to deeper SO4

2- 
penetration and less dissolved sulfide and solid S accumulation in the sediment, while the 
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O2 + CH4 SO4
2- + OM SO4-AOM Fe(OH)3

α + OM Fe-AOM

Baseline 0.011 0.137 0.787 0.003 0.080

J(OMα,β) x 0.8 0.004 0.144 0.607 0.003 0.065

J(OMα,β) x 1.2 0.020 0.150 0.981 0.005 0.085
J(Fe(OH)3

α,β) x 0.8 0.010 0.146 0.820 0.004 0.058
J(Fe(OH)3

α,β) x 0.8 0.009 0.141 0.765 0.004 0.099
[O2] x 0.8 0.010 0.150 0.793 0.004 0.079
[O2] x 1.2 0.011 0.127 0.781 0.003 0.081
k10 x 0.8 0.011 0.136 0.800 0.004 0.070
k10 x 1.2 0.010 0.139 0.776 0.003 0.087
[SO4

2-] x 0.8 0.030 0.098 0.788 0.004 0.087
[SO4

2-] x 1.2 0.004 0.188 0.773 0.003 0.072
[SO4

2-] x 3.0 0.001 1.055 0.406 0.003 0.001

Fe(OH)3 concentrations increase. Conversely, a higher organic matter loading leads to a steeper 
SO4

2- gradient, a significantly larger dissolved sulfide peak, and the depletion of Fe(OH)3 at the 
same depth. Changing the Fe(OH)3 loading has a moderate effect on the CH4 profile (Fig. 3.6b). 
The sulfide peak and Fe(OH)3 concentration at that depth are very sensitive, however, with a lower 

Fe(OH) 3
α + O M

FeS x + O 2

Fe(OH) 3
α,β +  Σ H 2S

Fe(OH) 3
α,β + C H 4

Siderite formation
FeP formation

O2 + F e2+
Σ H 2S + Fe 2+

SA OM

mol F e2+ m−2 yr-1
−1.5 0.0 1.5

80%
100%
120%

 
 
 
 
 
 
 
 

SA Fe(OH)3
α,β

mol F e2+ m−2 yr-1
−1.5 0.0 1.5

Methanogenesis

O2 + C H 4

SO 4
2− + C H 4

Fe(OH) 3
α + C H 4

Fe(OH) 3
β + C H 4

mol CH 4 m−2 yr-1
−1.5 0.0 1.5

 

 

 

 

 

mol CH 4 m−2 yr-1
−1.5 0.0 1.5

Table 3.7 | Sensitivity analysis: Depth integrated reaction rates (mol C m-2 yr-1).

Fig. 3.7 | Integrated areal reaction rates and fluxes of Fe2+ (top) and CH4 (bottom) under different organic matter (left) 
and Fe Fe(OH)3 (right) fluxes to the sediment-water interface (black = baseline, white = 20 % increase, gray = 20 % 
decrease) for the year 2012.
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Fe(OH)3 loading leading to a much larger sulfide peak and lower Fe(OH)3, while increasing the 
Fe(OH)3 loading has the opposite effect. Varying the bottom-water O2 concentration has a negligible 
effect on the pore water profiles (Fig. 3.6c). Increasing the bottom-water concentration of SO4

2- 
results in slightly less accumulation of CH4, a smaller and deeper sulfide peak, and a different shape 
of the Fe(OH)3 profile. Table 3.7 lists the integrated reaction rates corresponding to the sensitivity 
analyses shown in Fig. 3.6.

Combining the response of the geochemical system in terms of reaction rates, chemical 
profiles and sediment effluxes allows a mechanistic, process-based understanding of the controls 
on Fe-AOM and sediment-water exchange of Fe2+ under varying environmental conditions. Given  
that the system is most sensitive to changes in Fe(OH)3 and organic matter loading (Fig. 3.6), only 
the results of the sensitivity analyses where these boundary conditions are varied are discussed in 
further detail. Increasing the organic matter loading leads to slightly higher Fe-AOM rates and 
methanogenesis rates. Almost exclusively the β phase of Fe(OH)3 is involved in Fe-AOM (Fig. 
3.7). A higher Fe(OH)3 loading increases the amount of Fe2+ produced during Fe-AOM, but has a 
relatively small effect on carbon cycling in the sediment (Fig. 3.7).
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Fig. 3.8 | Depth integrated rates of Fe-AOM and Fe2+ efflux out of the sediment for varying organic matter and Fe(OH)3 
fluxes to the SWI and SO4

2- bottom-water concentrations for the year 2012. The fluxes and SO4
2- concentrations are 

expressed as a percentage relative to the value in the baseline scenario, i.e. the baseline is zero, a 2-fold higher flux or 
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 The response of the depth integrated rate of Fe-AOM for the year 2012 to a wider range of 
the key forcings (Fig. 3.8a,c) shows that the overall reaction rate increases with higher Fe(OH)3 
loadings and lower SO4

2- concentrations. The effect of organic matter adds a non-linearity to the 
system response, as there appears to be an optimal amount of organic matter input for maximum 
Fe-AOM intensity, at a given Fe(OH)3 flux or SO4

2- concentration, with both higher and lower fluxes 
of organic matter resulting in lower overall rates of Fe-AOM. Increasing the bottom-water SO4

2- 
concentration strongly impedes Fe-AOM rates (Fig. 3.8c), and SO4

2- concentrations above 14 mmol 
L-1 eliminate the Fe-AOM reaction (Table 3.7).
 The modeled Fe2+ effluxes for 2012 are negligible. They increase, however, with increasing 
organic matter loading and also show a non-linearity in the response to the Fe(OH)3 flux (Fig. 3.8b). 
Lower SO4

2- bottom-water concentrations, representing almost freshwater, can lead to order of 
magnitude higher Fe2+ effluxes (Fig. 3.8d).

3.4 Discussion

3.4.1 Coastal eutrophication and Fe-AOM
The model results presented in this study confirm that increased inputs of organic matter to the 
sediment can induce an upward vertical migration of the SMTZ in coastal sediments, as suggested 
previously for this site (Egger et al., 2015a, 2015b; Slomp et al., 2013). Our model results show that 
increased rates of SO4

2- reduction and methanogenesis linked to enhanced inputs of organic matter 
(Fig. 3.1) can initiate a relatively rapid upward movement of the SMTZ (Fig. 3.3) thus bringing it 
close to the sediment surface. Reduced inputs of organic matter over the last 10 years have now 
brought the upward displacement of the SMTZ to a halt. The fixation of the SMTZ at its current 
position has resulted in the accumulation of authigenic FeSx minerals in a relatively narrow zone 
over the past decade (Fig. 3.3)

High sediment accumulation rates and Fe(OH)3 loading have allowed a significant portion of 
the Fe(OH)3 to become buried below the newly established SMTZ. The preservation of reducible 
Fe(OH)3 below the zone of SO4

2- reduction has stimulated Fe-AOM, which has led to the buildup of 
dissolved Fe2+ in the pore water below the SMTZ. Our results support earlier suggestions by (Egger 
et al., 2015b) that anthropogenic eutrophication of coastal systems may increase the importance of 
Fe-AOM in coastal environments by inducing nonsteady state diagenesis.

3.4.2 Controls on the Fe-AOM reaction
Besides the quest for conclusive evidence that AOM is truly coupled to Fe(OH)3 reduction in natural 
environments and for the microorganisms carrying out the reaction, there is also the question 
what processes could potentially control in situ rates of Fe-AOM in sediments. While laboratory 
studies suggest that the availability Fe(OH)3 can boost the rate of AOM (Beal et al., 2009; Egger et 
al., 2015b; Sivan et al., 2014) and that the addition of multiple electron acceptors may decrease the 
AOM rate (Segarra et al., 2013), the potential response of Fe-AOM to variations in environmental 
conditions in the field has so far not yet been described.

Here, we calibrated a transient sedimentary model to data from a coastal brackish basin where 
various lines of evidence suggest that Fe-AOM occurs (Egger et al., 2015b). The model assumes a 
direct coupling between Fe(OH)3 reduction and CH4 oxidation as proposed by Beal et al. (2009) 
(see Eq. I), rather than indirect Fe stimulated SO4-AOM (Sivan et al., 2014) because dissolved 
sulfide and SO4

2- are undetectable below the SMTZ. Starting from this assumption, variations in key 
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environmental forcings can be implemented in the model in order to discern potential controls on 
Fe-AOM.

The model assumes three electron acceptors, which can react with the available CH4: O2, 
SO4

2-, and Fe(OH)3. Our results show that Fe-AOM is mostly restricted to parts of the sediment 
where other electron acceptors than Fe(OH)3 are absent. The oxidation of CH4 coupled to O2 is by 
far the most favorable kinetically (k5 in comparison to k9 and k10, Table 3.6), but is constrained to 
the upper millimeters of sediment where O2 is present. The rate constant for SO4-AOM is 5 orders 
of magnitude lower than that of aerobic CH4 oxidation, but occurs over a larger depth interval 
because SO4

2- is present throughout the upper 10 cm of sediment. In the model, the kinetics of 
Fe-AOM follow the same bimolecular rate law as the other CH4 oxidation pathways. CH4 in the 
top is oxidized by O2 and SO4

2-, while the Fe-AOM reaction is only optimal at depths where SO4
2- is 

depleted (compare Figs. 3.3 and 3.4).
Enhanced bottom-water SO4

2- concentrations significantly reduce Fe-AOM rates as less CH4 
is available for Fe-AOM. This is due to enhanced organoclastic SO4

2- reduction, which suppresses 
methanogenesis. For example, a three-fold increase of the SO4

2- concentration (corresponding to 
14.5 mmol L-1 SO4

2-) leads to a CH4 oxidation rate that is only 46 % of that in the baseline scenario 
and a Fe-AOM rate near zero (Table 3.7).

The availability of Fe(OH)3 for AOM depends on the fraction of the sedimentary Fe(OH)3 that 
can react with organic matter and dissolved sulfide. A higher organic matter loading leads to a 
steeper SO4

2- gradient (Fig. 3.6a) and thus more diffusion of SO4
2- into the sediment. This enhances 

sulfide production and subsequent Fe(OH)3 scavenging by dissolved sulfide. Therefore, systems that 
receive high reactive organic matter fluxes but no associated high Fe(OH)3 flux will not be suitable 
environments for Fe-AOM in the surface sediment. The accumulation of Fe2+ can only occur when 
the Fe(OH)3 loading is high enough to constrain dissolved sulfide to the upper part of the sediment. 
Fig. 3.8a shows that almost no Fe-AOM was observed in simulations with a 50 % lower Fe(OH)3 
loading.

The impact of changes in Fe(OH)3 loading on organic matter degradation is generally limited 
as the organoclastic SO4

2- reduction rate is much larger (Table 3.7). Since the methanogenesis 
rate is dependent on the total sum of the other organic matter degradation pathways (Table 3.4), 
organoclastic Fe(OH)3 reduction has a fairly small impact on the in-situ CH4 production. In line 
with (Egger et al., 2015b), we find that Fe-AOM only accounts for a small fraction of the total CH4 
oxidation rate, and therefore has a relatively small effect on the CH4 profile.

3.4.3 Signatures of Fe-AOM
As previously outlined, direct identification of the Fe-AOM process in natural environments is 
difficult because of the lack of unequivocal geochemical signatures. It is therefore useful to test how 
the geochemical profiles of the coupled Fe-S-carbon cycles can serve as signatures for the presence 
of Fe-AOM. By simulating a range of environments, we have constructed a group of theoretical 
sedimentary settings that we can use to assess how the presence of Fe-AOM is reflected in the 
geochemical profiles of its associated species.

The usefulness of CH4 profiles for identifying Fe-AOM is limited, since the simulation outcomes 
show that CH4 is not very sensitive to different intensities of Fe-AOM. In the simulation with a 20 
% higher Fe(OH)3 loading CH4 concentrations were slightly lower than obtained in calculations 
with the baseline scenario. This was not only caused by the increased Fe-AOM rates, but also by the 
higher rates of organoclastic Fe(OH)3 reduction (Table 3.7). The latter aspect affects the partitioning 
of organic matter degradation among electron acceptors and slightly suppresses methanogenesis. 
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Fe-AOM leads to the production of large quantities of Fe2+, which can lead to the accumulation of 
Fe2+ at depth. However, to interpret the impact of Fe-AOM on Fe2+ profiles, the sinks of Fe2+ need 
to be taken into account (Fig. 3.7). Most dissolved Fe2+ is removed through FeSx formation at a rate 
that is dependent on multiple factors. The availability of sulfide is controlled by the SO4

2- reduction 
rate, which in turn is dependent on the SO4

2- bottom-water concentration and the organic matter 
loading. The depth and breadth of the Fe-AOM front is consequential, as Fe2+ produced higher up 
in the sediment is more likely to react with dissolved sulfide. Also a significant part of the Fe2+ is 
stored in carbonate and phosphate minerals, i.e. siderite and vivianite (Fig. 3.7). In the simulations 
for the baseline scenario, Fe2+ does not accumulate at depth before 1982 (Fig. 3.3), while the total 
Fe-AOM rates over depth are significant (Fig. 3.4). Therefore, Fe2+ concentration profiles are not a 
robust signature of Fe-AOM.

Conversely, Fe2+ accumulation at depth may signal the occurrence of Fe-AOM, as it can 
explain the concurrent production of CH4 and Fe2+. Such a simultaneous production is hard to 
explain otherwise if the assumption is correct that methanogens are generally outcompeted for 
common substrates by organoclastic Fe-reducers (Egger et al., 2015b and references therein). In the 
simulations, Fe-AOM is the only process that can produce Fe2+ at depth. The other Fe2+ producing 
reactions are dependent on either O2, dissolved sulfide, or Fe(OH)3

α, which are only available in the 
upper few centimeters of sediment (see Fig. 3.3 and 3.4). To achieve deep Fe2+ production through 
Fe-AOM in our scenario, the Fe(OH)3 need to penetrate to sufficient depth. This requires a fraction 
of the Fe(OH)3 pool to be unreactive towards organic matter, which is in line with the characteristics 
of Fe(OH)3

β. Mass balance calculations show that Fe(OH)3
β is almost exclusively involved in the 

Fe-AOM reaction (Fig. 3.7).

3.4.4 Environmental settings
Our results suggest that Fe-AOM is promoted in brackish coastal marine sediments with relatively 
high organic matter fluxes and Fe(OH)3 loadings. Estuarine environments such as Chesapeake Bay, 
Long Island Sound and the Scheldt estuary all exhibit these conditions. Thus they are all potential 
candidate sites for investigating the occurrence and scale of AOM coupled to metal oxide reduction. 
From our sensitivity analyses we see that higher bottom-water SO4

2- concentrations significantly 
reduce the probability of the occurrence and the intensity of Fe-AOM (Fig. 3.8). This indicates 
that the occurrence of this process in surface sediments is, in principle, restricted to low salinity 
environments. However, Fe-AOM can also occur in deep-sea sediments with typical bottom-water 
SO4

2- concentrations for marine settings (~28 mmol L-1) if there is a low sulfate zone at depth, as 
shown by Riedinger et al. (2014). At their site, CH4 diffuses up from greater depth and Fe-AOM is 
believed to occur at 6-8 m depth below the SWI. In our model simulations, higher SO4

2- bottom-
water concentrations reduce Fe-AOM rates primarily by suppressing methanogenesis. However, 
higher bottom-water SO4

2- concentrations will be less consequential for Fe-AOM when Fe(OH)3 are 
buried to greater depth (outside our model domain) under oligotrophic conditions. At depth, the 
CH4 can be formed in situ when the system shifts from oligotrophic to eutrophic conditions, which 
leads to an upward movement of the SMTZ and methanogenic zone. There can also be an ex situ 
deep CH4 source, which explains why, for example, cold seep environments are also key settings for 
Fe-AOM (Beal et al., 2009; Wankel et al., 2012).

A necessary precondition for Fe-AOM, is the presence of sufficient amounts of Fe(OH)3 to react 
with the available CH4, as there is a 8:1 stoichiometric ratio of Fe(OH)3 to CH4 in the net reaction. 
We show that relatively high fluxes of Fe(OH)3 are necessary to provide enough material for the 
reaction to occur. Furthermore, the simulations indicate that Fe-AOM is favored in the presence 
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of less reactive Fe phases that can penetrate deeper into the sediment. Settings, which receive high 
amounts of Fe(OH)3, such as coastal systems near large rivers (Poulton and Raiswell, 2002), are 
therefore also candidates for hosting the reaction.

The impact of organic matter loading on Fe-AOM is complicated as it affects the depth 
penetration of SO4

2-, the SO4
2- reduction rate, the rate of methanogenesis, and the persistence of 

Fe(OH)3 at depth. The sensitivity analyses show that a wide range of organic matter loadings may 
lead to substantial Fe-AOM rates (Fig. 3.8), but that too much and too little organic matter can have 
a detrimental effect on the process.

In summary, the optimal environments for the Fe-AOM process are sedimentary settings which 
are depositional and receive sufficient organic matter loading (much of which can be refractory), 
receiving high influxes of Fe(OH)3 (preferably of a more refractory nature), and which have 
sufficiently low salinity. Coastal areas, with brackish water columns and a connection to rivers are 
thus ideal environments for the Fe-AOM process. In more marine settings, Fe-AOM is far less 
likely, but may still occur, provided there is an ex situ source of CH4 and enough Fe(OH)3 to fuel the 
reaction.

3.4.5 Sediment-water exchange fluxes of Fe2+

Continued shuttling of Fe through repeated reduction-oxidation cycles and lateral Fe transport 
on oxic and hypoxic continental shelves depends on the replenishment of Fe from near-coastal 
regions. Our results suggest that, besides sulfide-driven and organoclastic Fe(OH)3 reduction, 
Fe-AOM could contribute to benthic release of Fe2+ and thus to the supply of Fe from estuarine 
sediments to continental shelves. In the model result for 2012, the Fe2+ efflux to the overlying water 
is negligible. However, the results for the sensitivity analyses show that increased organic matter 
loadings can enhance exchange fluxes of Fe2+ to the overlying water (Fig. 3.8), with values of up 
to 0.04 mol m-2 yr-1 being reached. These Fe2+ fluxes fall within the low end of the typical range 
estimated for continental margin sediments overlain by oxic waters (0 to ca. 0.12 mol m-2 yr-1; e.g. 
Dale et al. (2015) and Severmann et al. (2010)). The increased release of Fe2+ upon increased organic 
matter loading is the result of a shift in the zones of Fe-AOM and organoclastic Fe oxides reduction 
towards the SWI (Fig. 3.4). Increased bottom-water SO4

2- concentrations hinder Fe2+ effluxes due to 
lower rates of Fe(OH)3 reduction (Fig. 3.8) and more sulfidic scavenging of Fe2+. Very low bottom-
water SO4

2- concentrations and high organic matter loadings may lead to Fe2+ effluxes > 0.12 mol 
m-2 yr-1, which suggests that Fe-AOM has the potential to greatly impact Fe dynamics in low-salinity 
coastal environments.
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Appendix 3.A: Additional depth profiles for site US5B

Fig. A3.1 | Depth profiles of porosity (ϕ), FeS, FeS2, pore water HPO4
2-, Fe-bound P (FeP = ∑(FeoxP + Fe3(PO4)2)) and 

DIC for the year 2012 as calculated with the baseline scenario.

Appendix 3.B: Additional results of the sensitivity analyses

Fig. A3.2 | Response of the depth profiles of Corg, CH4, SO4
2-, ∑H2S, Fe2+, Fe(OH)3 and S solids for 2012 to changes in 

the rate parameter for Fe-AOM (k10, Table 3.6). 
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Chapter 4:

Vivianite is a major sink for phosphorus 
in methanogenic coastal surface 

sediments
With Jilbert, T., Behrends, T., Rivard, C. and Slomp, C. P. 

Abstract

Studies of authigenic phosphorus (P) minerals in marine sediments typically focus on authigenic 
carbonate fluorapatite, which is considered to be the major sink for P in marine sediments and 
can easily be semi-quantitatively extracted with the SEDEX sequential extraction method. The 
role of other potentially important authigenic P phases, such as the reduced iron (Fe) phosphate 
mineral vivianite (Fe(II)3(PO4)*8H2O) has so far largely been ignored in marine systems. This is, 
in part, likely due to the fact that the SEDEX method does not distinguish between vivianite and 
P associated with Fe oxides. Here, we show that vivianite can be quantified in marine sediments by 
combining the SEDEX method with microscopic and spectroscopic techniques such as micro X-ray 
fluorescence (µXRF) elemental mapping of resin-embedded sediments, as well as scanning electron 
microscope energy dispersive spectroscopy (SEM-EDS) and powder X-ray diffraction (XRD). We 
further demonstrate that resin embedding of vertically intact sediment sub-cores enables the use of 
synchrotron-based microanalysis (X-ray absorption near-edge structure (XANES) spectroscopy) to 
differentiate between different P burial phases in aquatic sediments. Our results reveal that vivianite 
represents a major burial sink for P below a shallow sulfate/methane transition zone in Bothnian 
Sea sediments, accounting for 40-50 % of total P burial. We further show that anaerobic oxidation 
of methane (AOM) drives a sink-switching from Fe oxide bound P to vivianite by driving the 
release of both phosphate (AOM with sulfate and Fe oxides) and ferrous Fe (AOM with Fe oxides) 
to the pore water allowing supersaturation with respect to vivianite to be reached. The vivianite in 
the sediment contains significant amounts of manganese (~ 4-8 wt.%), similar to vivianite obtained 
from freshwater sediments. Our results indicate that methane dynamics play a key role in providing 
conditions that allow for vivianite authigenesis in coastal surface sediments. We suggest that 
vivianite may act as an important burial sink for P in brackish coastal environments worldwide.
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4.1 Introduction

Phosphorus (P) is an important nutrient controlling primary production in aquatic systems. 
Throughout the last century, human activities such as the use of agricultural fertilizer, deforestation, 
increased cultivation, as well as urban and industrial waste disposal have enhanced the input of 
P into coastal environments (Ruttenberg, 2003). This has led to increased algal blooms in coastal 
waters, an increased oxygen demand upon the sinking of the organic matter to the seafloor and 
the expansion of coastal dead zones worldwide (Diaz and Rosenberg, 2008). Burial of potentially 
bioavailable (i.e. reactive) P in sediments plays a key role in regulating water column P availability, 
and changes in reactive P burial thus may impact the recovery of coastal waters from eutrophication 
(Carstensen et al., 2014).

The retention of P in marine sediments is strongly dependent on the chemical form in which P 
is buried. Degradation of organic matter and reduction of iron (Fe)-(oxyhydr)oxides (henceforth 
termed Fe oxides) during early diagenesis typically result in the release of phosphate (HPO4

2-) to 
the pore water from organic P and Fe oxide bound P. The dissolved HPO4

2- can then precipitate 
as authigenic P-bearing phases that may include calcium (Ca)-phosphates such as carbonate 
fluorapatite (Ca-P) (Ruttenberg and Berner, 1993; Slomp et al., 1996a; Filippelli, 1997), manganese 
(Mn)-Ca-carbonates (Jilbert and Slomp, 2013a; Mort et al., 2010; Suess, 1979) and Fe(II)-
phosphates such as vivianite (Fe3(II)(PO4)2*8H2O; Martens et al., (1978); Burns (1997); März et al. 
(2008)). At the global scale, authigenic Ca-P is assumed to account for ~ 50 % of all P burial in 
marine sediments, while Fe-bound P (Fe-P) and organic P are assumed to account for ~ 25 % each 
(Ruttenberg, 2003). At present, the relative contribution of Fe oxides and vivianite-type Fe(II)-P 
minerals to the burial of Fe-P is unknown. This is largely due to methodological constraints, as the 
sequential extraction procedure SEDEX for the determination of P phases in sediments does not 
allow separation of these Fe-P phases (Ruttenberg, 1992).

Vivianite authigenesis most likely occurs in sediments where sulfate (SO4
2-) concentrations and 

the input of Fe oxides are such that not all Fe oxides are converted to Fe sulfides and a portion of 
the Fe oxides may supply ferrous Fe (Fe2+) for vivianite formation after sulfide has been completely 
consumed (Ruttenberg, 2003). Lacustrine sediments, naturally rich in Fe oxides and with low 
concentrations of SO4

2-, hence provide ideal conditions for the formation of vivianite (Fagel et 
al., 2005; Nriagu and Dell, 1974; O’Connell et al., 2015; Rothe et al., 2014; Sapota et al., 2006). In 
marine sediments, the presence of vivianite as an early diagenetic authigenic P phase is generally 
assumed to be restricted to systems with high sedimentation rates and a relatively high abundance 
of Fe oxides (Ruttenberg, 2003). The presence of a sulfate/methane transition zone (SMTZ) may 
also be particularly conducive to vivianite formation, because pore water Fe2+ can accumulate in 
the absence of sulfide below the SMTZ. Combined with a buildup of pore water HPO4

2- resulting 
from organic matter remineralization and reductive dissolution of Fe oxides within the SMTZ, 
supersaturation with respect to vivianite may be reached (März et al., 2008; Slomp et al., 2013; Hsu 
et al. 2014).

Marine environments where vivianite formation has been inferred include coastal sediments 
(Martens et al., 1978, Slomp et al., 2013; Jilbert and Slomp, 2013), deep-sea fan sediments (Burns, 
1997; März et al., 2008; Ruttenberg and Goñi, 1997) and Fe-rich cold-seep sediments (Hsu et al., 
2014). In coastal sediments, vivianite formation has been suggested based on pore water profiles 
of HPO4

2- and Fe2+ and corresponding saturation state calculations (Slomp et al., 2013), or on 
co-enrichments of Fe and P in sediments (Jilbert and Slomp, 2013a). However, direct mineralogical 
or chemical identification of vivianite in these environments is still lacking. Given the importance 
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of continental margins for marine P burial (Ruttenberg and Berner, 1993; Ruttenberg, 2003), 
knowledge about the role of vivianite in these sedimentary environments is essential for a better 
understanding of the global marine P cycle.

In this study, we demonstrate the presence of vivianite in coastal sediments of the Baltic Sea by 
combining the SEDEX method with a range of microscopic and spectroscopic techniques. Using 
micro X-ray fluorescence (µXRF) elemental mapping and synchrotron-based X-ray absorption 
spectroscopy (XAS) of resin-embedded sediment samples, we were able to identify the spatial 
distribution and size spectrum of different P-bearing phases within the sediment matrix. Specific 
authigenic P minerals were then isolated through sieving of wet sediment samples and subsequently 
analyzed by scanning electron microscope energy dispersive spectroscopy (SEM-EDS) and powder 
X-ray diffraction (XRD) for conclusive characterization of the mineralogy. We demonstrate that 
authigenic vivianite constitutes a major P sink at the studied location, which may be typical for 
many brackish coastal systems worldwide, and should in principle also operate in comparable 
depositional settings with normal marine salinities. Our results further emphasize that methane 
(CH4) plays a key role in facilitating vivianite formation by driving a sink-switching from Fe oxide 
bound P to vivianite, as previously hypothesized, but never proven, for a number of fully marine 
environments (Burns, 1997; März et al., 2008; Schulz et al., 1994).

4.2 Study site

The Bothnian Sea is a classic example of an oligotrophic, brackish coastal environment with 
an average bottom water salinity of 5 to 6 (Slomp et al., 2013). Organic matter is mainly derived 
from riverine input and, to a lesser extent, from exchange with the adjacent eutrophic Baltic 
Proper (Algesten et al., 2006). A major proportion of the organic matter arriving at the sediment 
surface is therefore relatively refractory (Algesten et al., 2006; Leipe et al., 2010; Stockenberg and 
Johnstone, 1997). Anthropogenic eutrophication, however, resulted in an increased contribution of 
autochthonous organic matter over past decades (Fleming-Lehtinen and Laamanen, 2012; Fleming-
Lehtinen et al., 2008).
 The study site US5B (62°35.17’/19°58.13’) is located in the deepest part of the Bothnian Sea at 
214 m depth (Fig. 4.1) and is characterized by fine-grained sediments and sediment accumulation 
rates of about 1.3 cm yr-1 over the last decade (determined using a Constant Rate of Supply model 
for 210Pb, see Appendix 4.A). Core sampling was conducted during two research cruises with R/V 
Aranda in August 2012 and August 2013. Most of the presented data are from sediment cores 
sampled in 2012 (including pore water and sediment profiles, Fe and P speciation, as well as µXRF 
elemental mapping and synchrotron XAS analysis on epoxy-embedded sub-cores). Additional 
sediment from 2013 recovered at the same coring location was taken for analysis of sieved samples 
by SEM-EDS and powder XRD (see Appendix 4.B for pore water and solid-phase data from 2013).
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Fig. 4.1 | Location map of the study area. Site US5B (62°35.17’ N, 19°58.13’ E) is located in the deepest part of the 
Bothnian Sea at 214 m.

4.3 Analytical methods

4.3.1 Bottom water and pore water analysis
4.3.1.1 Core sampling
Bottom water oxygen, salinity and temperature were measured on board with a CTD (conductivity, 
temperature and depth) system and an integrated oxygen probe. Sediment cores (50-60 cm of 
sediment and at least 10 cm of overlying water) were recovered using a GEMAX corer (core 
diameter 10 cm). One core was immediately inserted into a nitrogen (N2)-purged glove bag through 
an airtight hole in the base. A bottom water sample was collected using a 20 mL plastic syringe and 
the remaining bottom water was removed. The core was then sliced anoxically at 1 cm resolution for 
the first 0-10 cm and 2 cm resolution for the rest of the core (10-52 cm). For each slice a sub-sample 
was placed in a pre-weighed glass vial for solid phase analysis and stored under N2 in airtight jars 
at -20 °C. A second sub-sample was transferred to a 50 mL centrifuge tube and centrifuged at 
3500 rpm for 20 min. Both the supernatant water from each centrifuged sample and the bottom 
water sample were filtered through 0.45 µm pore size disposable filters via 20 mL plastic syringes 
in a glove bag under N2 and collected in 15 mL centrifuge tubes. The sediment remaining after 
centrifugation was stored frozen as an additional sediment volume for solid phase analysis. Filtered 
pore water samples, including the bottom water sample, were sub-sampled under N2 for analysis of 
dissolved HPO4

2-, ammonium (NH4
+), Fe, Mn, SO4

2- and sulfide (∑H2S = H2S + HS-).

4.3.1.2 Pore water subsampling
A sub-sample of 0.5 mL was immediately transferred into a glass vial (4 mL) containing 2 mL of 2 
% zinc (Zn)-acetate solution to precipitate ZnS, which was stored at 4 °C. Sulfide concentrations 
were then determined spectrophotometrically by complexion of the ZnS precipitate in an acidified 
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solution of phenylenediamine and ferric chloride (Cline, 1969). The detection limit was < 1 µmol L-1 
and the sulfide standard was validated by titration with thiosulfate. Samples for NH4

+ were stored 
frozen at -20 °C until colorimetrical determination on a nutrient auto-analyzer (Bran and Luebbe). 
Sub-samples for total dissolved P, Fe and Mn, of which the latter are assumed to represent Fe2+ and 
Mn2+, were acidified with 10 µL 35 % suprapur HCl per mL of sub-sample and stored at 4 °C until 
analysis by ICP-OES (Perkin Elmer Optima 3000 Inductively Coupled Plasma – Optimal Emission 
Spectroscopy). Note however, that the dissolved (< 0.45 µm) Fe pool likely consists of a mixture 
of truly dissolved (ionic), organically complexed, colloidal and nanoparticulate Fe (Raiswell and 
Canfield, 2012). Pore water SO4

2- was analyzed with ion chromatography (IC) (detection limit of 
< 75 µmol L-1) and compared well with total sulfur (S) measured by ICP-OES. The alkalinity was 
determined by titrating 1 mL of untreated sub-sample with 0.01 M HCl. Samples for dissolved 
inorganic carbon (DIC) analysis were collected in 5 mL headspace vials and poisoned with 10 µL 
of saturated HgCl2 (only for 2013). DIC analysis was performed using an AS-C3 analyzer (Apollo 
SciTech), which consists of an acidification and purging unit in combination with a LICOR-7000 
CO2/H2O Gas Analyzer. Quality assurance involved regular analysis of Certified Reference Materials 
obtained from the Scripps Institution of Oceanography (Dickson et al., 2003).

4.3.1.3 Methane sampling
Samples for CH4 analysis were taken from a core with pre-drilled holes directly upon core retrieval. 
Precisely 10 mL wet sediment was extracted from each hole and immediately transferred into a 
65 mL glass bottle filled with saturated NaCl solution. Each bottle was sealed with a black rubber 
stopper and a screw cap and was subsequently stored upside-down. A volume of 10 mL N2 was 
injected into the bottle and a sub-sample of the headspace was collected with a gas-tight syringe. 
Subsequently, CH4 concentrations were determined after injection into a Thermo Finnigan Trace 
GC gas chromatograph (Flame Ionization Detector).

4.3.2 Bulk sediment analysis
Sediment samples were freeze-dried, powdered and ground in an agate mortar inside an argon (Ar)-
filled glove box and split into oxic and anoxic fractions. Samples from the oxic fraction were used 
for total elemental and organic carbon (Corg) analyses, whereas anoxic splits were taken for sediment 
P and Fe speciation to avoid oxidation artefacts (Kraal and Slomp, 2014; Kraal et al., 2009).

4.3.2.1 Total elemental composition and organic carbon
A split of about 125 mg of freeze-dried sediment was dissolved in 2.5 mL HF (40 %) and 2.5 mL of 
HClO4/HNO3 mixture, in a closed Teflon bomb at 90 °C over night. The acids were then evaporated 
at 160 °C (not to complete dryness) and the resulting gel was subsequently dissolved in 1 M HNO3 
at 90 °C during another night. Finally, total elemental concentrations were determined by ICP-
OES. The coefficient of variation (CV) of the concentrations, obtained from replicate measurements 
of standard solutions, was less than 5 % for all analyzed elements. The accuracy was evaluated 
by including internal laboratory reference standards in the analysis and the deviation from the 
nominal concentrations was less than 5 %. A second split of 0.3 g freeze-dried sediment was used 
to determine the Corg content using an elemental analyzer (Fison Instruments model NA 1500 NCS) 
following carbonate removal from the sediment with 1 M HCl (Van Santvoort et al., 2002) (CV and 
accuracy < 2 % based on an atropine/acetanilide standard calibration and checked against internal 
laboratory standard sediments).
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4.3.2.2 Sediment P fractionation
To determine the solid-phase partitioning of P, aliquots of 0.1 g dried sediment were subjected 
to the SEDEX sequential extraction procedure after Ruttenberg (1992), as modified by Slomp 
et al. (1996a), but including the first MgCl2 step. Sediment P was fractionated as follows: i) 
exchangeable-P (extracted by 1 M MgCl2, pH 8, 0.5 h), ii) Fe oxide bound P (extracted by citrate-
bicarbonate-dithionite (CDB), pH 7.5, 8 h, followed by 1 M MgCl2, pH 8, 0.5 h), iii) authigenic 
Ca-P (including carbonate fluorapatite, biogenic hydroxyapatite and CaCO3-bound P, extracted 
by Na-acetate buffer, pH 4, 6 h, followed by 1 M MgCl2, pH 8, 0.5 h), iv) detrital Ca-P (extracted 
by 1 M HCl, 24 h) and v) organic P (after ashing at 550 °C for 2 h, extracted by 1 M HCl, 24 h). 
Sediments were shielded from oxygen inside an Ar-filled glove box until step 3 of the SEDEX 
procedure to eliminate the potential conversion of Ca-P to Fe-bound P due to pyrite oxidation upon 
oxygen exposure (Kraal and Slomp, 2014; Kraal et al., 2009). Dissolved HPO4

2- in the CDB rinse was 
analyzed by ICP-OES. For all other rinses, HPO4

2- was determined colorimetrically (Strickland and 
Parsons, 1972) on a Shimadzu spectrophotometer by the ammonium heptamolybdate – ascorbic 
acid method (CV and accuracy < 2 %, based on calibration to standard solutions and checked 
against internal laboratory standard sediments).

4.3.2.3 Sediment Fe fractionation
To investigate the solid phase partitioning of Fe, a second 50 mg aliquot of dried sediment was 
subjected to a sequential extraction procedure for Fe (Poulton and Canfield, 2005). Sediment Fe 
was fractionated into i) carbonate associated Fe (“Fecarb”, including siderite and ankerite, extracted 
by 1 M Na-acetate brought to pH 4.5 with acetic acid, 24 h), ii) easily reducible (amorphous) 
oxides (“Feox1”, including ferrihydrite and lepidocrocite, extracted by 1 M hydroxylamine-HCl, 24 
h, and corrected for dissolution of acid volatile sulfur (AVS) (Egger et al., 2015b)), iii) reducible 
(crystalline) oxides (“Feox2”, including goethite, hematite and akagenéite, extracted by Na-dithionite 
buffer, pH 4.8, 2 h) and iv) Fe in recalcitrant oxides (mostly magnetite, “Femag”, extracted by 0.2 
M ammonium oxalate/0.17 M oxalic acid solution, 2 h). Measured concentrations from duplicate 
analysis deviated by less than 5 %.

A third 0.5 g aliquot of dried sediment was used to sequentially determine the amount of FeS 
(AVS, using 6M HCl) and FeS2 (chromium reducible sulfur, CRS, using acidic chromous chloride 
solution) via the diffusion-based approach described by Burton et al. (2008) using iodometric 
titration of the alkaline Zn-acetate trap. Measured concentrations from duplicate sample extractions 
varied by less than 8 % for CRS and less than 10 % for AVS. The difference between total Fe 
measured after digestions with HF-HClO4-HNO3 and the sum of the six phases described above (i.e. 
Fecarb + Feox1 + Feox2 + Femag + FeFeS2 + FeFeS) gives an estimate of the remaining poorly reactive sheet 
silicate Fe and unreactive silicate Fe (“FePRS & U”). For simplicity, the Feox1 and Feox2 fractions were 
summed and henceforth referred to as total sedimentary Fe oxides.

4.3.3 Characterization of Fe-Mn-P aggregates mineralogy
4.3.3.1 Epoxy embedding and Desktop µXRF mapping
Vertically intact sub-cores from a sediment GEMAX core were embedded with epoxy resin under 
inert atmosphere for elemental microanalysis (Jilbert and Slomp, 2013a; Jilbert et al., 2008). In total, 
8 sub-cores with a length of 7 cm each were taken. After curing, epoxy-embedded sub-cores were 
opened perpendicular to the plane of sedimentation with a rock saw. The freshly exposed internal 
surface was pre-drilled with a grid of holes for navigation and polished with a 0.3 µm alumina 
powder. Exposure time to oxygen was kept as short as possible during sample treatment and 
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samples were stored in a glove box or gas-tight aluminium bags between treatment steps, in order 
to preserve the redox-sensitive chemical composition (Kraal and Slomp, 2014; Kraal et al., 2009). 
Elemental maps of the sub-cores were then collected using a Desktop EDAX Orbis µXRF analyzer 
(Rh tube at 30 kV, 500 µA, no filter, 300 ms dwell time, poly-capillary lens providing a 30 µm spot 
size) using a 30 µm lateral step.

4.3.3.2 X-ray absorption spectroscopy (XAS)
Selected Fe-, Mn- and P-rich regions from the Desktop µXRF maps of sediment samples from 
approximately 0.5 cm, 13 cm, 30 cm and 48 cm depth were further investigated on the ID21 
beamline (Salomé et al., 2013) at the European Synchrotron Radiation Facility (ESRF) in Grenoble, 
France, during beamtime in April 2013 and April 2014. Monochromator energy was calibrated 
against the maximum intensity of the first derivative of tricalcium phosphate at 2.1523 keV for P, of 
a Fe foil at 7.11198 keV for Fe and of a Mn foil at 6.53862 keV for Mn. The X-ray beam was focused 
to 1.05 x 0.45 (horizontal x vertical) µm at the P-edge and to 0.35 x 0.80 µm at the Fe- and Mn-edges 
with a Kirkpatrick-Baez mirrors system. High-resolution elemental maps (1 µm lateral step size) 
of the pre-identified P enrichments were collected at 2.3 keV to target specific regions of high P 
counts with X-ray absorption near-edge structure (XANES). Maps were also collected at 7.5 keV to 
display Fe, Mn and P correlations. XANES spectra were collected at the Fe, Mn, and P K-edges in 
fluorescence mode, in order to determine the redox state and mineralogy of the P enrichments. The 
analyses were conducted under vacuum and at room temperature. For each sample, between 5 and 
10 spectra were collected within the corresponding energy range (Fe: 7.00-7.65 keV, Mn: 6.50-6.90 
keV, P: 2.13-2.46 keV) and averaged to improve the signal-to-noise ratio, with a step of 0.59 eV, 0.40 
eV and 0.39 eV for Fe, Mn and P, respectively and acquisition time of 0.1 s per step. The ATHENA 
software package (Ravel and Newville, 2005) was used for standard XANES background subtraction 
and edge step normalization.

Additional Fe-, Mn- and P-rich regions from the Desktop µXRF map from 48 cm depth, as 
well as sieved sediment fractions from a core taken in 2013 (22 cm and 58 cm depth) were further 
investigated on the I18 beamline at the Diamond Light Source (DLS) in Oxfordshire, UK, during 
beamtime in March 2015. These results are presented in the Appendix only.

4.3.3.3 Scanning electron microscopy (SEM)
The morphology of Fe-, Mn- and P-rich particles and their chemical composition were investigated 
by SEM-EDS. Wet sediment samples from a core taken in 2013 were sieved through a 38 µm 
sieve, washed 5 times in a sonic bath (3 min) with oxygen-free UHQ water, and dried under an 
inert atmosphere at room temperature. Aliquots of sieved and dried samples from different 
sediment depths (0.25 cm, 2.5 cm, 5.5 cm, 11 cm, 15 cm, 22 cm, 30 cm and 58 cm) were mounted 
on aluminum sample holders using double-sided carbon tape. Measurements were performed on 
a JEOL JXA 8600 Superprobe with Noran Voyage automation, 15 kV accelerating voltage, Si/Li 
detector, and 1 µm beam in backscatter mode imaging (BEI). EDS analysis was carried out using a 
probe current of 1 nA and an acquisition time of 50 seconds (live time) and data were collected on 
the 0-20 keV energy range.

4.3.3.4 Powder X-ray diffraction (XRD)
A fraction of the sieved (>38 µm) sediment sample from directly below the SMTZ (22 cm depth, 
core 2013) was ground in an agate mortar inside an Ar purged glove box. XRD analysis of the 
sample and reference material was performed using Cobalt (Co) Kα radiation on a Bruker D2 
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diffractometer over a 5-85° 2θ range with a step size of 0.026° and a measurement time of 0.4 
seconds per step. Some of the spectra were shifted because the sample was not perfectly located in 
the zero plane. This shift was corrected by using the 101 quartz diffraction peak to 31.05 2 θ Co Kα.

4.3.3.5 Preparation of reference samples
Vivianite was synthesized under an inert (Ar) atmosphere as described by Rouzies and Millet 
(1993) and Dijkstra et al. (2014). No other crystalline phases than vivianite were identified by 
XRD-analysis. 2-line ferrihydrite was prepared after Schwertmann and Cornell (2000) by mixing 
a solution of Fe(NO3) (40 g in 500 mL) with 330 mL 1 M KOH and co-precipitated with 0.1 M PO4 
(1.36 g KH2PO4 in 100 mL). The Mn phosphate and Mn2O3 were purchased from Alfa Aesar and 
hureaulite ((Mn2+)5(PO3OH)2(PO4)2*4H2O) and bixbyite ((Mn3+, Fe3+)2O3) were identified as major 
crystalline components by XRD.

4.4. Results

4.4.1 Pore water and sediment profiles
Vertical pore water profiles of SO4

2-, CH4 and sulfide (Fig. 4.2) reveal a shallow SMTZ around a 
depth of 4 to 9 cm, where anaerobic oxidation of CH4 coupled to SO4

2- reduction (SO4-AOM) 
results in the depletion of pore water SO4

2- and CH4 and in the accumulation of dissolved sulfide, 
as described previously for site US5B (Egger et al., 2015b). Note that the SMTZ was located slightly 
deeper in 2013 (~ 15-20 cm) when compared to 2012 (~ 4-9 cm) due to spatial heterogeneity (see 
Appendix 4.C). Alkalinity is generally elevated with respect to the Redfield C/NH4

+ ratio of 106:16 
likely due to the production of HCO3

- during SO4-AOM. Pore water HPO4
2- shows a distinct peak 

of up to ~ 300 µmol L-1 around the SMTZ and decreases to ~ 150 µmol L-1 at depth. Dissolved Fe2+ 
reaches a maximum of ~ 20 µmol L-1 at 2.5 cm depth and builds up to concentrations greater than 
1800 µmol L-1 in the pore water below the SMTZ. Dissolved Mn2+ shows a strong increase from 0 to 
1.5 cm depth and levels off at 500 µmol L-1 around the SMTZ, below which an almost linear increase 
to about 1 mmol L-1 at depth is observed. Dissolved NH4

+ increases with depth to about 3 mmol L-1 

at the bottom of the core.
The SMTZ is further characterized by a distinct enrichment in total sedimentary S of up to 700 

µmol g-1 (Fig. 4.3). Corg decreases from 3.1 wt.% at the sediment surface to about 2.5 wt.% below 7 
cm depth. Throughout the whole core, total Fe is high and varies between 1000 and 1400 µmol g-1. 
Total Mn contents decline from ~ 140 µmol g-1 close to the sediment surface to ~ 35 µmol g-1 at 
depth.
 Total concentrations of P range from ~ 40 to 90 µmol g-1, with the lowest sedimentary P content 
observed within the SMTZ (Fig. 4.4a). Total concentrations of P measured after HF-HClO4-HNO3 
digestion show similar values when compared to the amount of P recovered during the SEDEX 
extraction (difference < 7 %). In general, Fe-bound P accounts for up to ~ 60 % of total P and 
thus represents the most important burial sink for P (Table 4.1). Around the SMTZ, however, the 
amount of Fe-bound P is lower with a percentage of around 30 %. Authigenic Ca-P concentrations 
are mostly constant throughout the core and contribute to ~ 20 % of the total burial of P below the 
SMTZ. Organic P initially declines from about 10 µmol g-1 at the sediment surface and levels off at ~ 
8 µmol g-1 below the SMTZ, accounting for about 15 % of the reactive sedimentary P. Exchangeable 
P shows a small peak of 4 µmol g-1 at 2.5 cm depth. Detrital P generally stays below 5 µmol g-1 
throughout the core, contributing to about 5 % of the total P burial below the SMTZ.
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Fig. 4.2 | Pore water profi les of key components for 2012 (∑H2S = H2S + HS-). Grey bar indicates sulfate/methane 
transition zone (SMTZ). White stars represent estimated alkalinity (Alk) based on the Redfi eld C/NH4

+ ratio of 106:16.

Fig. 4.3 | Solid phase sediment profi les of sulfur (S), organic carbon (Corg), Fe and Mn for 2012. Grey bar indicates the 
position of the SMTZ.
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 Th e sum of sequentially extracted Fe (“reactive” Fe) generally accounts for about 40 % of 
total Fe, but reaches values of up to ~ 60 % around the SMTZ (Table 4.1). Fe oxides are the most 
dominant reactive Fe phase above the SMTZ (~ 70 % of the total reactive Fe at the sediment 
surface), while Fe sulfi des (~ 70 %) and Fe carbonates (~ 20 %) account for most of the reactive Fe 
in the sulfi dic zone. Below the SMTZ, Fe oxides and Fe carbonates are the predominant reactive Fe 
phases, each accounting for ~ 30 to 40 % of total reactive Fe. Concentrations of magnetite are lowest 
at the SMTZ (~ 30 µmol g-1) and generally stay around 40 µmol g-1 at depth, contributing to ~ 8 % of 
reactive Fe burial. Fe sulfi des are dominated by AVS (FeS) with only minor contributions from CRS 
(FeS2) (Fig. 4.4b).

4.4.2 Spatial distribution of P within the sediment matrix
Th e Desktop µXRF maps of Fe, P and Mn on the internal surfaces of epoxy resin-embedded 
sediment sub-cores reveal distinct changes in elemental distribution with depth (Fig. 4.5). Close 
to the sediment/water interface (SWI) (~ 0.5 cm), P is mostly diff usely distributed with some P 
enrichments that are visible as single pixels or small clusters of ~ 4 x 4 pixels at the 30 µm resolution 
of the Desktop µXRF maps. Some Fe enrichments correspond to enrichments in P or Mn. In 
general, however, the presence of diff usely distributed Fe oxides and Fe in clay minerals, and the 
deeper penetration of the X-ray beam for Fe in comparison to lighter elements such as P, generate 
consistently high counts throughout the Fe map at this depth.
 Directly below the SMTZ (~ 13 cm), large enrichments (> 500 µm) in Fe are observed, in 
correlation with the presence of S, indicating authigenic Fe sulfi de formation. However, most of the
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Table 4.1 | Average P and Fe species contribution for sediments above, within and below the SMTZ. See Fig. 4.4 for 
terminology of the different fractions.

P speciation results

[μmol g-1] Ex-P Fe-P Ca-P Org-P Detr-P Total P

Above SMTZ (0 - 3.5 cm) 1.9 41.9 14.9 9.6 3.4 71.6
Within SMTZ (4.5 - 8.5 cm) 0.1 11.4 13.3 8.2 4.3 37.3
Below SMTZ (9.5 - 51 cm) 0.0 36.5 13.8 7.9 3.6 61.8

[%] Ex-P Fe-P Ca-P Org-P Detr-P Total P

Above SMTZ (0 - 3.5 cm) 2.6 58.5 20.8 13.4 4.8 100.0
Within SMTZ (4.5 - 8.5 cm) 0.4 30.5 35.8 22.0 11.4 100.0
Below SMTZ (9.5 - 51 cm) 0.0 59.0 22.4 12.7 5.8 100.0

Fe speciation results

[μmol g-1] Fecarb Feoxides Femag FeAVS FeCRS FePRS & U Total Fe

Above SMTZ (0 - 3.5 cm) 129.4 222.8 42.4 102.2 11.6 678.4 1186.8
Within SMTZ (4.5 - 8.5 cm) 175.5 49.2 29.0 478.7 19.9 528.4 1280.8
Below SMTZ (9.5 - 51 cm) 188.1 145.8 36.9 55.6 23.3 743.4 1193.1

[% total Fe] Fecarb Feoxides Femag FeAVS FeCRS FePRS & U Total Fe

Above SMTZ (0 - 3.5 cm) 10.9 18.8 3.6 8.6 1.0 57.2 100.0
Within SMTZ (4.5 - 8.5 cm) 13.7 3.8 2.3 37.4 1.6 41.3 100.0
Below SMTZ (9.5 - 51 cm) 15.8 12.2 3.1 4.7 2.0 62.3 100.0

[% reactive Fe] Fecarb Feoxides Femag FeAVS FeCRS Total reactive Fe

Above SMTZ (0 - 3.5 cm) 25.4 43.8 8.3 20.1 2.3 100.0
Within SMTZ (4.5 - 8.5 cm) 28.3 6.5 3.9 63.6 2.7 100.0
Below SMTZ (9.5 - 51 cm) 41.8 32.4 8.2 12.4 5.2 100.0

smaller Fe enrichments show no connection with S, but are highly correlated with P and Mn (see, 
for example, points P3, P4 and P6 in Figs. 4.5 and 4.6). Compared to the Desktop µXRF maps 
collected close to the SWI, P and Mn show a less diffuse distribution with many circular 50-100 µm 
enrichments. Almost all of the brightest pixels in the P map are also bright in the corresponding 
maps of Fe and Mn, suggesting the presence of Fe-Mn-phosphates. With increasing sediment depth 
(at ~ 30 cm and ~ 48 cm), these Fe-Mn-P enrichments become more abundant, while the Fe-S 
enrichments decline.

4.4.3 Mineralogy and chemical composition of P enrichments
Synchrotron-based µXRF maps of selected P-rich regions from the Desktop µXRF maps show 
50-100 µm sized P-, Fe- and Mn-rich aggregates in sediments below the SMTZ (Fig. 4.6). µXANES 
spectra collected on these aggregates at the P, Fe and Mn K-edge are shown in Fig. 4.7. In general, 
the normalized µXANES spectra at any given depth were very similar and showed only minor 
variations for the different Fe-Mn-P enrichments within an epoxy-embedded sub-core sample (see 
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Appendix 4.D). Th e normalized spectra were thus merged together to represent an average sample 
spectrum for the P enrichments in the corresponding depth (Fig. 4.7).

4.4.3.1 P-XANES
Th e white lines collected at the P K-edge all peak around 2153.5 eV (Fig. 4.7a). Th e white line 
position and the general shape of the P-XANES spectra correspond to those obtained for P reference 
materials in which P is associated with Fe, including vivianite and ferrihydrite co-precipitated 
with phosphate (Fh-PO4). White line position and shape of the P-XANES spectra were distinctly 
diff erent to those obtained for reference materials in which P is bound to Ca containing minerals 
such as apatite or co-precipitated in carbonates (Ingall et al., 2011; Kraal et al., 2015). Despite the 
general similarity, P-XANES spectra of the Fe-Mn-P enrichment at 0.5 cm depth clearly diff er from 
those for enrichments below the SMTZ. Th is specifi cally holds with respect to the amplitude of the 
white line.
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 The different amplitude of the peak at 2153.5 eV could be attributed to self-absorption. Self-
absorption attenuates the emitted fluorescence and the amplitude of features in XAS spectra 
collected in fluorescence mode. The extent of self-absorption depends on the concentration 
of the element in the sample and comparison of P-XANES spectra collected in fluorescence and 
transmission mode confirms (data not shown) that self-absorption is more pronounced when 
analyzing vivianite than Fh-PO4. Hence, the different amplitude of the white line peak could 
indicate that P is more concentrated in the enrichments below the SMTZ than at 0.5 cm depth. 
However, the P-XANES spectra at 0.5 cm depth do not exhibit a pre-edge feature around 2149 eV, 
as is observed in the Fh-PO4 spectrum and which is indicative for the presence of Fe(III) (Ingall et 
al., 2011) (Fig. 4.7i). Although the spectra of enrichments below the SMTZ bear great resemblance 
to the vivianite reference spectrum, the characteristic oscillation around 2161-2166 eV is missing in 
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the spectrum for Fe-Mn-P aggregates from 13 cm and 30 cm depth, but is present in the P-XANES 
collected from 48 cm depth (Fig. 4.7ii), however.
 P-XANES spectra collected at the DLS from enrichments in 48 cm depth were similar to 
those collected at the ESRF but showed a more pronounced pre-edge feature around 2149 eV 
(see Appendix 4.E) and no characteristic vivianite oscillation. However, P-XANES obtained 
for the blue crystals analyzed in the sieved sediment samples do not differ significantly 
from the P-XANES spectra collected on the resin-blocks at ESRF from 13 cm and 30 cm 
depth, with the exception of the more pronounced pre-edge feature (see Appendix 4.E).

4.4.3.2 Fe-XANES
In general, Fe-XANES spectra of Fe-Mn-P enrichments from above the SMTZ are distinctly 
different from those collected from below the SMTZ. However, in contrast to the P-XANES 
spectra, the Fe-XANES spectra from the enrichments do not closely resemble those from 
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vivianite or Fh-PO4 or any other analyzed reference material. Nevertheless, the difference in the 
spectra of Fh-PO4 and vivianite can be used to infer differences in Fe speciation in enrichments 
above and below the SMTZ. Fe-XANES spectra for Fh-PO4 and vivianite differ in the location of 
their corresponding white lines, with peaks observed at 7132 eV for Fh-PO4 and at 7127 eV for 
vivianite (Fig. 4.7b). White lines collected for the Fe-Mn-P enrichments at the ESRF fall between 
the spectra for Fh-PO4 and vivianite, i.e. around 7130.5 eV (Fig. 4.7iv) and suggest the presence 
of Fe in both oxidation states. The edge position is an indicator for the Fe redox state (Wilke et al., 
2001) and points towards a dominant contribution of Fe(II) over Fe(III) (Fig. 4.7iii) in the spectra 
of all enrichments, with a larger fraction of Fe(III) in enrichments from 0.5 cm depth. The pre-edge 
feature can also be used to infer the Fe redox state. Fe-XANES of Fh-PO4 show a characteristic pre-
edge peak around 7114.5 eV, indicating the presence of Fe(III) (Wilke et al., 2001). By contrast, the 
vivianite spectrum displays a double pre-edge peak with a first peak at 7112 eV, attesting for the 
presence of Fe(II) and a second, less intensive one at 7114.5 eV. The Fe-XANES spectrum collected 
from enrichments close to the sediment surface, i.e. from 0.5 cm depth, shows a pre-edge peak 
at 7114.5 eV, but less pronounced compared to Fh-PO4. Samples from below the SMTZ depict a 
double pre-edge feature at 7112 eV and at 7114 eV, confirming that Fe in the samples from below 
the SMTZ has a larger fraction of Fe(II). Fe K-edge XANES thus appears to be more sensitive to 
oxidation state than P K-edge XANES, where no characteristic Fe(III) pre-edge feature is detected 
for the P enrichment at 0.5 cm depth. Samples analyzed at the DLS have white line and pre-edge 
peaks similar to Fh-PO4 and a post-edge shoulder at 7137 eV (see Appendix 4.E).

The impossibility to assign the Fe-XANES spectra of the enrichments to vivianite, Fe-PO4 or 
any other analyzed reference phase is most likely a consequence of the presence of Fe in different 
phases in the analyzed sample volume. The sample volume, which is probed with the focused beam, 
is larger at the Fe K-edge than at the P K-edge due to the larger penetration depth of the beam 
at higher energy. A satisfactory fit of the measured Fe-XANES spectra by linear combination of 
reference spectra is possible but the results are not presented here, as the set of reference materials 
might not include all the Fe phases in the sample. In particular, various Fe-silicates could contribute 
significantly to the measured Fe-XANES spectrum.

4.4.3.3 Mn-XANES
Mn-XANES spectra of enrichments from below the SMTZ show a great similarity to the spectrum 
of hureaulite, with white line peaks at 6552 eV (Fig. 4.7c) and differ considerably from spectra 
of other Mn(II) containing phases such as rhodochrosite (MnCO3) and Mn(II)-sulfides. The 
Mn-XANES spectrum of the sample close to the sediment surface represents a phase with Mn in a 
higher oxidation state. This conclusion is based on the comparison of the positions of the edge, the 
white line and the pre-edge features to those for Mn oxides. The position of the white line is similar 
to that of Mn(III) in bixbyite, with a peak around 6559 eV. All samples show a pre-edge peak at 6540 
eV, which is shifted towards higher energy for the sample from 0.5 cm depth, confirming that the 
shallower sample is more oxidized when compared to samples from below the SMTZ (Fig. 4.7v). 
Mn-XANES spectra collected at DLS all show a more pronounced pre-edge peak at 6540 eV (see 
Appendix 4.E).

4.4.3.4 SEM-EDS
Examination of the sieved sediment with a light microscope revealed that transparent to light 
blue crystals were present in sediments from below the SMTZ (Fig. 4.8a), with shapes similar to 
vivianite crystals found in sediments of Lake Biwa, Japan (Nakano, 1992), while no such crystals 
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were observed in samples from above the SMTZ by light microscopy nor SEM. Scanning electron 
micrographs of these blue crystals show spherical aggregates (~ 50-100 µm in diameter) of platy- 
and needle-shaped crystals (Fig. 4.8b) that are similar to vivianite crystals recently observed in 
Lake Ørn, Denmark (O’Connell et al., 2015), with relative Fe to P ratios, derived from EDS analysis 
approximating those for vivianite (Fig. 4.8c; Table 4.2). Additional peaks of Si, Al, Mg and Mn 
were observed in the EDS spectra of the aggregates. Th e lack of crystals in sediments above the 
SMTZ and the absence of any mechanical abrasion features further indicate an authigenic origin.
 Electron microprobe-EDS quantitative analyses of these aggregates (Table 4.2) reveal the 
presence of signifi cant amounts of Mn (~ 4-8 wt.%). Th e relatively high amounts of Si (~ 2-10 
wt.%), Al (~ 1-5 wt.%) and Mg (~ 1-3 wt.%) likely refl ect remaining clays that were not completely 
removed during the washing step as visible under the light microscope (Fig. 4.8a)

Th e relative amount of Mn incorporated into the Fe-Mn-P aggregates is slightly larger for 
aggregates collected right below the SMTZ (~ 6.9 wt.%) compared to samples from the bottom of 
the sediment core (~ 5.4 wt.%). Th is is also refl ected in an increased Fe/Mn-ratio and decreased 
Mn/P-ratio with depth (Table 4.2). Th e mean molar Fe/P ratio for samples at the bottom of the 
SMTZ is 0.82 ± 0.15 and 0.86 ± 0.23 for aggregates at depth, which is close to the molar Fe/P ratio of 
the synthesized vivianite standard of ~ 1 using electron microprobe-EDS. Th e lower measured Fe/P 
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Element Unit Directly below SMTZ Bottom of core Vivianite standard

O [wt.%] 41.48 ± 1.09 41.31 ± 2.06 39.30

Fe [wt.%] 23.74 ± 2.45 26.14 ± 4.67 38.64

P [wt.%] 16.25 ± 2.13 17.39 ± 2.60 21.50
Mn [wt.%] 6.95 ± 1.15 5.35 ± 0.96 0.10
Si [wt.%] 7.37 ± 2.60 6.11 ± 3.16 0.08
Mg [wt.%] 2.03 ± 0.59 1.90 ± 0.64 0.04
Al [wt.%] 2.19 ± 0.69 1.79 ± 1.10 0.31

FeO [wt.% oxide] 30.54 ± 3.15 33.63 ± 6.01 49.71
P2O5 [wt.% oxide] 37.23 ± 4.88 39.85 ± 5.96 49.36
MnO [wt.% oxide] 8.97 ± 1.48 6.91 ± 1.24 0.13
SiO2 [wt.% oxide] 15.76 ± 5.57 13.06 ± 6.76 0.17
MgO [wt.% oxide] 3.36 ± 0.97 3.16 ± 1.06 0.06
Al2O3 [wt.% oxide] 4.14 ± 1.31 3.39 ± 2.08 0.58

Fe/Mn [mol/mol] 3.44 ± 0.64 4.84 ± 0.58 380.10
Fe/P [mol/mol] 0.82 ± 0.15 0.86 ± 0.23 0.99
(Fe+Mn)/P [mol/mol] 1.07 ± 0.18 1.03 ± 0.28 1.00
Mn/P [mol/mol] 0.24 ± 0.05 0.18 ± 0.05 0.00

ratio of the vivianite standard compared to the expected stoichiometric ratio for vivianite (Fe/P = 
1.5) has been previously reported for vivianite nodules found in marine sediments (Hsu et al., 2014) 
and could be due to limitations of the semi-quantitative standardless analysis of the EDS spectra 
applied in this study (Newbury and Ritchie, 2013).

4.4.3.5 XRD
XRD analyses of sieved sediment from below the SMTZ confirm the presence of Mn-rich vivianite 
(Fig. 4.9a). Other Mn- or Fe-bearing phosphate minerals were not recognized in the diffractogram, 
suggesting that the Fe-Mn-P aggregates analyzed by SEM-EDS indeed represent Mn-rich 
vivianite. Additional identified peaks, beside vivianite, can be assigned to detrital phases such as 
illite ((K,H3O)(Al,Mg,Fe)2(Si,Al)4O10((OH)2,H2O)), quartz (SiO2), albite (NaAlSi3O8) and chlorite 
((Mg,Fe)6(Si,Al)4O10(OH)8), which agrees well with observations under the light microscope and 
the SEM results. Some of the diffraction peaks of the sieved sediment are slightly shifted compared 
to the Mn-free vivianite standard used here. This observation is consistent with previous work on 
Mn-rich vivianite found in freshwater sediments (Nakano, 1992) (Fig. 4.9b).

Table 4.2 | Electron microprobe-EDS analyses of vivianite crystals collected from two different sediment depths, i.e. 
directly below the SMTZ (22 cm, core 2013; n = 16) and bottom of the core (58 cm, core 2013; n = 13), as well as from 
synthesized vivianite (n = 1).



76

CH
A

PTER 4

4.5 DISCUSSION

4.5.1 Evidence for vivianite authigenesis
Vivianite authigenesis in aquatic sediments is favored by high pore water concentrations of HPO4

2- 
and Fe2+ and low levels of sulfide (Nriagu, 1972). In most brackish and marine coastal sediments, 
the presence of dissolved SO4

2- will stimulate microbial SO4
2- reduction and generate dissolved 

sulfide, ultimately removing Fe2+ from the pore water through Fe sulfide precipitation (Raiswell and 
Canfield, 2012) and thus limiting vivianite formation in these sediments (Ruttenberg, 2003).
 At our study site in the Bothnian Sea, pore water HPO4

2- shows a strong decline with depth in the 
presence of abundant Fe2+, suggesting authigenic Fe(II)-P formation below the SMTZ. Sequential P 
extractions further show that Fe-bound P accounts for up to ~ 60 % of the total reactive P burial. 
Authigenic Ca-P contents, in contrast, are low (~ 20 % of total P burial) and mostly constant with 
depth, suggesting an allochthonous origin and restricted in-situ formation (Fig. 4.4a). These results 
strongly indicate that sink-switching of organic or Fe-bound P to authigenic Ca-P is not controlling 
reactive P burial at this site, as observed previously for different brackish and marine depositional 
environments (März et al., 2008; Mort et al., 2010; Slomp et al., 2013).

The stoichiometric ratio of Fe oxides/Fe-bound P of ~ 7 at the SWI (Fig. 4.4) is close to typical 
ratios reported for oxic marine surface sediments of ~ 10 (Slomp et al., 1996b). Except for the 
single sample at the base of the SMTZ, Fe oxides/Fe-bound P ratios are substantially lower below 
the SMTZ (~ 3.5 to 4.5), indicating a different burial phase for Fe-bound P at depth. Abundant 
dissolved Fe2+ (> 1.8 mmol L-1) and an increase in Fe-bound P below the SMTZ suggest formation 
of Fe(II)-P minerals as an additional sink for dissolved HPO4

2- below the SMTZ. In naturally 
reducing environments, the most stable and probable Fe-phosphate mineral is vivianite (Nriagu and 
Dell, 1974). The saturation index (SI) of the pore water with respect to vivianite, calculated using 
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PHREEQC with the LLNL database (Parkhurst and Appelo, 1999) and the solubility constant from 
Al-Borno and Tomson (Al-Borno and Tomson, 1994), indeed reveals oversaturation of the pore 
water with respect to vivianite below a depth of 9.5 cm (SI ~ 3) (see Appendix 4.F).

In this study, Fe-bound P was determined with the CDB-step of the SEDEX procedure, which 
targets the Fe oxide bound P fraction in the sediment. However, previous studies have shown that 
reduced Fe(II)-P minerals such as vivianite can also be extracted during the CDB step (Dijkstra 
et al., 2014; Nembrini et al., 1983). We suggest that the Fe-bound P fraction below the SMTZ thus 
represents a mixture of Fe oxide bound P and authigenic Fe(II)-P. The lower stoichiometric Fe/P 
ratio of authigenic vivianite (1.5) relative to buried Fe oxides (~ 7 assuming no alteration from the 
value at the SWI) thus potentially explains the lower Fe/P ratios observed below the SMTZ.

Abundant 50-100 µm scale enrichments in Fe, Mn and P observed in the epoxy resin-embedded
sub-cores (Figs. 4.5 and 4.6) suggest the presence of Fe-Mn-phosphates below the SMTZ. The high 
correlation between Fe and P supports the findings of the sequential extractions that Fe-bound P 
represents an important burial phase for P. µXANES spectra collected at the P, Fe and Mn K-edges 
(Fig. 4.7) further reveal that the Fe-Mn-P enrichments from above the SMTZ are distinctly different 
from samples from below the SMTZ. These differences in the µXANES spectra support the 
conclusion that the aggregates in sediments below the SMTZ are authigenically formed.

The µXANES spectra demonstrate that the Fe-Mn-P aggregates from below the SMTZ 
predominantly consist of Fe(II)-Mn(II)-phosphates. SEM-EDS spot-measurement (Fig. 4.8c) and 
XRD spectra for sieved sediment samples (Fig. 4.9) strongly suggest that the Fe-Mn-P aggregates 
represent Mn-rich vivianite crystals that form below the SMTZ. The pre-edge peaks observed in the 
µXANES at the P and Fe K-edges indicating a mixture of Fe(II) and Fe(III) (Ingall et al., 2011; Wilke 
et al., 2001) thus likely reflect slight oxidation artifacts during sample treatment or interference 
with oxidized Fe phases in the sediment matrix such as Fe oxides and Fe silicates. The fact that the 
P pre-edge peaks and the Fe pre-edge peak at 7114.5 eV are more pronounced for measurements 
performed in 2015 (at DLS) compared to samples analyzed in 2013 and 2014 (at ESRF) suggests 
those pre-edge peaks to mainly be the result of slight oxidation of the samples during storage or 
wet-sieving. Further evidence for the oxidation of the samples between the analysis at ESRF and 
DLS is given by the changes in the Fe-XANES post-edge features (oscillation around 7137 eV), 
reflecting a switch from previously reduced Fe(II)-phosphates to more oxidized Fe(III)-P. We also 
observed a slight color shift of the crystals from light to dark blue between the analyses at ESRF 
and DLS, indicating vivianite oxidation. Another possible explanation for the observed sample 
oxidation, however, could be radiation damage due to the longer exposure time during analysis at 
the DLS.
 The µXANES of the blue crystals in the sieved fraction and of Fe-Mn-P enrichments in the 
resin-embedded sediment samples are almost identical, with the exception of the oxidation artefacts 
described above (see Appendix 4.E). We therefore conclude that the Fe-Mn-P enrichments observed 
in the resin-embedded sub cores represent the same blue crystals analyzed by SEM-EDS and XRD. 
Synchrotron-based microanalysis of resin-embedded sub-cores thus may provide a helpful tool to 
study P burial in sedimentary systems where P enrichments are too small to be isolated by sieving.

The similarity of the Mn-XANES spectra of the enrichments below the SMTZ with the Mn(II) 
phosphate spectrum indicates that Mn(II) is bound to phosphate in the studied mineral specimens. 
The high amounts of Mn compare well to Mn-rich vivianite nodules found in sediments of Lake 
Baikal (Fagel et al., 2005; Sapota et al., 2006) and to a Mn-rich vivianite crystal from Lake Biwa 
(Nakano, 1992). The Fe-Mn-P aggregates formed under the brackish conditions at our study 
site are thus more similar to authigenic vivianite found in freshwater sediments than to Mg-rich 
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nodules reported for marine systems (Hsu et al., 2014). Incorporation of Mn likely results in 
structural changes of the vivianite crystal, as suggested by the slight shifts of the diffraction peaks 
away from our Mn-free vivianite standard towards the Mn-rich vivianite crystals analyzed by 
Nakano (1992) (Fig. 4.9b). These structural changes could potentially explain why the vivianite-like 
oscillations around 2161-2166 eV are not observed in the P-XANES of the sediment samples and 
why their Fe-XANES deviate substantially from the Fe-XANES of the Mn-free vivianite standard. 
Interestingly, the sample from 48 cm depth showed P-XANES spectra with the post-edge oscillation 
characteristic for vivianite, which could be the result of increasing Fe/Mn ratios with depth 
(Table 4.2) and thus less Mn relative to the amount of Fe in the vivianite structure. Unfortunately, 
no high-resolution µXRF map was collected at this depth that would allow determination of the 
corresponding Fe/Mn ratio and to compare it to the shallower samples from 13 cm and 30 cm 
depth. Thus, additional Fe and P-XANES analyses on synthetic vivianite with incorporation of 
variable amounts of Mn are needed to conclude whether structural changes are indeed dampening 
the post-edge oscillation. Another factor that could modify the shape of the XANES spectra is the 
crystal orientation toward the polarized X-ray beam (Muñoz et al., 2013). While XANES spectra 
collected on the powdered vivianite standard represent the average signal of the different orientation 
of multiple crystallites, µXANES collected on single crystals only represent one preferential crystal 
orientation.

Decreasing amounts of Mn as observed in the deeper vivianite crystals are consistent with 
increasing ratios of pore water Fe2+/Mn2+ towards the bottom of the core (see Appendix 2.B). The 
decrease in Mn could thus reflect constant rates of Fe2+ and Mn2+ incorporation during crystal 
growth with depth. Other possible explanations, however, could be the preferential uptake of Fe2+ 
during crystal growth or replacement of Mn2+ with Fe2+.

4.5.2 Importance of vivianite as a burial sink for phosphorus
Our results clearly demonstrate the formation of authigenic Mn-rich vivianite below a shallow 
SMTZ, supporting an earlier hypothesis that the formation of Fe(II)-P below the zone of SO4

2- 
reduction might be an important P sink at this site (Slomp et al., 2013). The mean concentrations 
below the SMTZ of Fe-bound P (~ 40 µmol g-1, Fig. 4.4a) and Fe oxides (~ 150 µmol g-1, Fig. 4.4b) 
can be used to estimate the quantitative importance of vivianite formation for total P burial in these 
sediments.

Vivianite has been shown to dissolve in both the hydroxylamine-HCl (“Feox1”) (Dijkstra et al., 
2014) and CDB (“Fe-bound P”) steps (Nembrini et al., 1983) of the Fe- and P-extractions applied 
in this study. Thus, both fractions represent a combination of Fe and P associated with Fe oxides 
(FeFeOx and PFeOx) and vivianite (Fevivianite and Pvivianite). The sum of FeFeOx and Fevivianite therefore equals 
the total amount of Fe extracted during the Fe oxide steps, i.e. 150 µmol g-1 (Eq. I), whereas PFeOx 
and Pvivianite combined are equal to the total Fe-bound P, i.e. 40 µmol g-1 (Eq. II). Assuming a typical 
stoichiometric ratio of FeFeOx/PFeOx of 10 (Slomp et al., 1996b) (Eq. III), combined with the Fevivianite/
Pvivianite ratio of 1.5 (Eq. IV), results in a set of 4 equations with 4 unknowns.

    FeFeOx + Fevivianite = 150 μmol g-1 (I)
    PFeOx + Pvivianite = 40 μmol g-1  (II)
    FeFeOx = 10 PFeOx   (III)
    Fevivianite = 1.5 Pvivianite  (IV)
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 Solving these equations for Pvivianite, we estimate that about 29 µmol g-1 of the Fe-bound P is 
associated with vivianite. If the Fe oxides/Fe-bound P ratio observed at the sediment surface (~ 7, 
Fig. 4.4) is used as a representation of the P binding capacity of Fe oxides in these sediments, a 
lower Pvivianite of 24 µmol g-1 is estimated. Based on the sequential extractions, we therefore conclude 
that vivianite is responsible for ~ 40-50 % of the total P burial below the SMTZ, which is higher 
than a recent estimate for a Danish freshwater lake, where vivianite was suggested to account for ~ 
26 % of the total P burial flux using HCl/ascorbic acid reactivity extractions (O’Connell et al., 2015).
An alternative way to quantify the importance of vivianite is to determine the fraction of total P 
associated with the Fe-Mn-P enrichments based on the Desktop µXRF maps for P. The conceptual 
idea of this approach is that P concentrations in the vivianite enrichments are higher than 
in the diffuse P in the matrix, and can be identified as clusters of pixels with elevated P counts. 
Subsequently, the contribution of pixels within vivianite enrichments to total P counts can 
be estimated and compared to the total P counts in the maps. The approach assumes that count 
intensities are linearly related to P concentrations.

We defined vivianite enrichments based on two criteria. Firstly, a cluster of pixels with elevated 
P counts must be larger than 2x2 pixels. Smaller clusters and individual pixels with detectable P 
were thus considered to contain only diffuse P. Secondly, the pixels within the cluster must have 
a P count intensity above a certain threshold (see Appendix 4.G for the determination of the 
corresponding count intensity threshold). ImageJ software can then be used to calculated the 
contribution to total P counts of all pixels falling both above the threshold and in the > 2x2 pixels 
clusters (i.e. satisfying both criteria).

Using this approach, we estimate that the contribution of the vivianite enrichments to total P 
burial increases from 38 % right below the SMTZ to 46 % at depth (see Appendix 4.G). Such an 
increase from 38 to 46 % is consistent with an increased abundance of these vivianite enrichments 
with depth (Fig. 4.5). Although this value might be underestimated, as adsorption of P fluorescence 
in the Fe- and Mn-rich aggregates is higher than in the background containing lighter elements, 
it is in good agreement with the estimate based on the sequential extractions (i.e. ~ 40-50 %). We 
therefore conclude that the formation of vivianite may account for almost half of the permanent 
burial of total P, supporting recent studies suggesting that the importance of authigenic Fe(II)-P 
minerals in coastal systems might be larger than previously thought (Dijkstra et al., 2014; Jilbert and 
Slomp, 2013a; Slomp et al., 2013).

Substantial burial of P as vivianite has implications for the coupled cycling of Fe, P and S in 
sediments. Previous studies have shown that increased SO4

2- reduction and subsequent formation 
of Fe sulfides lower the availability of Fe for binding P in sediments, resulting in more P release to 
bottom waters and accelerated water column eutrophication (Gächter and Müller, 2003; Rozan et 
al., 2002). However, the lower stoichiometric Fe/P ratio of vivianite implies that sequestration of P 
as Fe(II)-P requires less Fe compared to Fe(III)-P burial. This lower requirement for Fe may thus 
reduce the impact of increased SO4

2- reduction on P retention in the sediment (Slomp et al., 2013). 
Throughout the last century, anthropogenic eutrophication has enhanced primary production 
and subsequent export production of organic matter to the Bothnian Sea (Fleming-Lehtinen and 
Laamanen, 2012; Fleming-Lehtinen et al., 2008), ultimately increasing the rates of SO4

2- reduction 
in the underlying sediments. Burial of P in the form of vivianite instead of Fe oxide bound P may 
therefore have reduced the impact of increased rates of SO4

2- reduction and Fe sulfide formation on 
P retention in the sediment, thus increasing sedimentary P burial and acting as a negative feedback 
on water column eutrophication.
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Earlier work has shown that Bothnian Sea sediments are a major burial sink for P originating 
from the severely eutrophic Baltic Proper (Savchuk, 2005; Slomp et al., 2013), one of the world’s 
largest anoxic water bodies. Because it accounts for almost half of the total P burial in these 
sediments, vivianite may act as an important permanent P sink not only for the Bothnian Sea itself, 
but also for P exported from the Baltic Proper.

4.5.3 Role of anaerobic oxidation of methane (AOM) for vivianite authigenesis
CH4 plays a key role in providing conditions that allow the formation of vivianite at our study site 
(Fig. 4.10). Fluxes of downward diff using SO4

2- (2.5 mmol m-2 d-1) and upward diff using CH4 (1.6 
mmol m-2 d-1) into the SMTZ suggest that about 65 % of SO4

2- reduction is associated with AOM 
coupled to SO4

2- reduction, with the remaining 35 % being coupled to organic matter degradation. 
SO4

2 – mediated AOM thus contributes signifi cantly to the production of sulfi de within the SMTZ. 
Th e accumulation of dissolved sulfi de ultimately results in the reductive dissolution of Fe oxides  
and the precipitation of Fe-sulfi des (mostly FeS) within the SMTZ. In addition to the conversion 
of reactive Fe from oxide towards sulfi de phases, reduction of Fe oxides by sulfi de also releases 
HPO4

2- into the pore water. Part of the liberated HPO4
2- diff uses upwards towards the SWI, where it 

is again trapped in the surface sediment as Fe oxide bound P or escapes to the overlying water. Th e 

AOM with 
SO4

2-

organic 
matter 

organic 
matter CH4 

SO4
2- 

H2S

DSR

Fe-oxides & P

FeS & FeS2 HPO4
2-

Fe-oxides & PAOM with 
Fe-oxides

Fe2+ HPO4
2- vivianite

SMTZ

water

sediment

Fig. 4.10 | Model of coupled Fe-S-P-CH4 dynamics in and below the SMTZ in the Bothnian Sea (adapted from 
Slomp et al. (2013)). Anaerobic oxidation of CH4 (AOM) drives a sink-switching from Fe oxide bound P to vivianite 
by triggering the release of both HPO4

2- (AOM with SO4
2- and Fe oxides) and Fe2+ (AOM with Fe oxides), thereby 

providing conditions that allow sequestration of a major proportion of P as vivianite below the SMTZ. Fe-AOM 
below the SMTZ provides an additional source of dissolved Fe2+ at depth, ultimately reducing the diff usive upward 
HPO4

2- fl ux and thus the potential escape of HPO4
2- to the water column. Th e formation of vivianite below the SMTZ 

could therefore potentially act as a feedback preventing P release from the sediment and further eutrophication of 
anthropogenically impacted coastal systems. DSR = dissimilatory sulfate reduction.
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pore water profile of HPO4
2- further indicates that a major part of the HPO4

2- diffuses downwards 
where it meets abundant Fe2+, creating pore water conditions that are favorable for the precipitation 
of vivianite below the SMTZ. SO4

2- – dependent AOM thus ultimately results in the liberation of 
formerly Fe oxide bound P into the pore water and diffusion of dissolved HPO4

2- away from the 
SMTZ. The role of the SMTZ as a source of HPO4

2- to the pore waters, and the presence of a sink 
for this HPO4

2- below the SMTZ unrelated to Ca-P authigenesis has also been suggested previously 
in marine environments (Burns, 1997; März et al., 2008; Schulz et al., 1994) and is thus likely to 
represent a prevalent feature in many different types of aquatic sediments.
 The distinct enrichment of authigenic Fe sulfides around the present day SMTZ has been 
suggested to be the result of a recent upward displacement of the SMTZ caused by higher primary 
productivity and enhanced subsequent export production of autochthonous organic matter 
(Egger et al., 2015b; Slomp et al., 2013) driven by anthropogenic eutrophication over past decades 
(Fleming-Lehtinen and Laamanen, 2012; Fleming-Lehtinen et al., 2008). Since the early 2000s, 
anthropogenic loading of nutrients derived from land has started to decline again (Fleming-
Lehtinen and Laamanen, 2012; Fleming-Lehtinen et al., 2008). The associated reduced input of 
organic matter likely contributes to the lack of a further upward movement of the SMTZ and its 
fixation at its current position close to the sediment surface (Egger et al., 2015b; Slomp et al., 2013). 
The rapid upward migration of the SMTZ in response to eutrophication reduced the exposure time 
of sedimentary Fe oxides to dissolved sulfide, explaining the high Fe oxide content (~ 150 µmol g-1) 
in the methanogenic sediments below the current SMTZ. The newly established co-occurrence of 
abundant reducible Fe oxides and pore water CH4 facilitated a potential coupling between AOM 
and Fe reduction (Fe-AOM) (Beal et al., 2009; Egger et al., 2015b; Riedinger et al., 2014; Segarra 
et al., 2013; Sivan et al., 2011). Laboratory incubation studies with sediments from site US5B and 
modeling of the isotopic composition of pore water CH4 identified Fe-AOM to be the most likely 
mechanism responsible for the high dissolved Fe2+ concentrations observed below the SMTZ (Egger 
et al., 2015b). Although most of the CH4 produced in the sediments is efficiently consumed by SO4-
AOM within the SMTZ (Egger et al., 2015b), Fe-AOM strongly contributes to Fe2+ production due 
to the 8:1 Fe-CH4 stoichiometry (Beal et al., 2009). The reduction of large quantities of Fe oxides 
by Fe-AOM below the SMTZ thus provides an important source of dissolved Fe2+ for vivianite 
authigenesis. Besides Fe oxides, Mn oxides have also been shown to be thermodynamically 
favorable electron acceptors for the biological oxidation of CH4 (Beal et al., 2009). Elevated Mn2+ 
concentrations below the SMTZ could thus indicate AOM coupled to the reduction of Mn oxides. 
Further research is needed to investigate whether the incorporation of this Mn2+ into vivianite and 
its associated structural changes, as suggested by our µXANES and XRD results, may promote 
vivianite precipitation and protection towards sulfidization through enhanced stability.

If Fe-AOM below the SMTZ was absent, most of the Fe oxide bound P at depth would likely 
still be retained in the sediment. However, a much larger proportion of the HPO4

2- released from 
Fe oxides within the SMTZ would diffuse upwards and escape to the water column. The reason for 
this is that the additional source of dissolved Fe2+ from below would be switched off and most Fe in 
the SO4

2- -reducing zone would be sequestered in Fe sulfides, reducing the Fe oxides available for 
retention of P. CH4 thus drives a sink-switching from Fe oxide bound P to a more stable Fe(II)-P 
burial phase (i.e. vivianite) by triggering the release of both HPO4

2- (AOM with SO4
2- and Fe oxides) 

and Fe2+ (AOM with Fe oxides), thereby providing conditions that allow sequestration of a major 
proportion of P as vivianite below the SMTZ.

Vivianite authigenesis below the SMTZ requires significant amounts of reactive Fe oxides to 
be buried below the zone of SO4

2- reduction. Such conditions are mainly found in systems with a 
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high input of Fe oxides or where the sediments are subject to transient diagenesis. Non-steady state 
depositional regimes have been described for a variety of marine systems and formation of vivianite 
was suggested as a sink for reactive P in these deep sediments (Burns, 1997; Hsu et al., 2014; März 
et al., 2008; Riedinger et al., 2005; Schulz et al., 1994). Since many deltaic and estuarine types of 
sediment are naturally rich in Fe oxides and low in SO4

2-, and may additionally be subject to shifts in 
the SMTZ linked to eutrophication, vivianite formation may not only be restricted to deep marine 
sediments with non-steady state diagenetic conditions but also be widespread in coastal surface 
sediments. If so, vivianite could represent an important burial sink at the global scale (Ruttenberg, 
2003).

4.6 Conclusions

Combining the SEDEX sequential extraction method for phosphorus (P) with microscopic and 
spectroscopic techniques such as Desktop micro X-ray fluorescence (µXRF) elemental mapping 
and synchrotron-based microanalysis (µXRF and X-ray absorption near-edge structure, XANES) of 
resin-embedded sediments, as well as scanning electron microscope energy dispersive spectroscopy 
(SEM-EDS) and powder X-ray diffraction (XRD) of wet-sieved sediment samples, we demonstrate 
that vivianite formation may account for 40-50 % of the total P burial in coastal surface sediments 
of the Bothnian Sea. Authigenic vivianite crystals are found below a shallow sulfate/methane 
transition zone (SMTZ) at > 10 cm depth and contain significant amounts of manganese (Mn) (~ 
4-8 wt.%), similar to vivianite obtained from freshwater sediments. µXANES spectra collected at 
the P-, iron (Fe)- and Mn K edges and XRD analysis suggest that the incorporation of Mn into the 
vivianite results in structural changes of the vivianite structure.

Our results further indicate that anaerobic oxidation of methane drives a sink-switching from 
Fe oxide bound P to vivianite. Methane therefore may play a key role in providing conditions that 
allow for vivianite authigenesis in coastal surface sediments. The depth of vivianite formation seems 
to be ultimately determined by the location of the SMTZ in the sediments. Coastal eutrophication 
can induce a vertical upward migration of the SMTZ within the sediment, shifting the zone of 
favorable conditions for vivianite formation closer to the sediment surface. We thus postulate that 
anthropogenic fertilization of coastal areas throughout the last century may have increased the role 
of vivianite authigenesis in many coastal surface sediments. Vivianite therefore likely represents an 
important burial sink for P in coastal systems worldwide that has so far largely been ignored.
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Appendix 4.A: Sedimentation rate for site US5B

Appendix 4.B: Geochemical profi les in 2013
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Fig. A4.1 | Reconstructed sedimentation rate for site US5B using a Constant Rate of Supply (CRS) model (Sanchez-
Cabeza and Ruiz-Fernández, 2012) for 210Pb. Additional data for 137Cs and 207Bi were used for a qualitative check of the 
chronology based on 210Pb activity. Std = standard deviation. 
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Fig. A4.2 | Pore water data from 2013 at site US5B. Grey bar indicates sulfate/methane transition zone (SMTZ).
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Appendix 4.C: Location of the SMTZ between 2008 and 2013
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Appendix 4.D: Reproducibility of K-edge XANES spectra

Energy [eV]

no
rm

al
ize

d 
xµ

(E
)

2300 2450240023502250220021502100 2500

3.5

0.5

1.0

1.5

2.0

2.5

3.0

0
P3
P4

Energy [eV]
7200 7350730072507150710070507000 7400

P K-edge

Fe K-edge

P3
P4

7450

no
rm

al
ize

d 
xµ

(E
)

1.2

0.2

0.4

0.6

0.8

1.0

0

no
rm

al
ize

d 
xµ

(E
)

1.6

0.4

0.6

0.8

1.0

1.2

1.4

0

0.2

Energy [eV]
6700 6750  6650660065506500

P3
P4

Mn K-edge

Fig. A4.5 | Focused-beam (1 µm) P (top), Fe (middle) and Mn (bottom) K-edge XANES scans for points P3 and P4 
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Appendix 4.E: XANES data including 2013

Fig. A4.6 | P, Fe and Mn µXANES data including results from Diamond Light Source, DLS (*). All samples analyzed 
at DLS in 2015 indicate exposure to oxygen during sample storage and treatment (wet-sieving of crystals), or radiation 
damage due to the higher flux and longer acquisition time at DLS in comparison to the ESRF (European Synchrotron 
Radiation Facility). P-XANES from 48 cm depth show similar spectra between the two beamlines, although P-XANES 
scans collected at the DLS have a more pronounced pre-edge peak around 2149 eV compared to samples analyzed at 
the ESRF and do not show the characteristic vivianite oscillation around 2161-2166 eV, probably as a results of sample 
oxidation. 
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Appendix 4.F: Saturation state calculations

Fig. A4.7 | The saturation index (SI) of pore water with respect to MnHPO4, hydroxylapatite and vivianite, calculated 
using PHREEQC with the LLNL database (Parkhurst and Appelo, 1999) and applying the saturation product of 
(Al-Borno and Tomson, 1994), based on measured pore water data, temperature and salinity. 

Appendix 4.G: Quantification of vivianite burial using Desktop µXRF maps

 Due to the normalization of raw count data by the Desktop µXRF software (8-bit bitmap images, 
intensities scaled between 0 and 255), the threshold value for vivianite enrichments was variable 
from one map to another. We determined this value by plotting the P count intensity distribution 
for each map together with the count intensity distribution in clusters greater than 2x2 pixels (Fig. 
A4.8). Both distributions show a skew towards low intensities, indicating a model class of pixels 
with low P counts. However, the > 2x2 pixels clusters show a lower total number of pixels in the 
modal peak. The pixels corresponding to the vivianite enrichments are located in the tail towards 
higher intensities, and the threshold must be set on the shoulder of the modal peak.
 We defined the count intensity threshold as the value at which the difference in the count 
intensity distribution between the > 2x2 pixels clusters and the original map falls to 5 % of the 
difference at the modal peak. Subsequently, we calculated the contribution to total P counts of all 
pixels falling both above the threshold and in the > 2x2 pixels clusters (i.e. satisfying both criteria).
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Fig. A4.8 | Quantification of vivianite burial based on Desktop µXRF maps for 6 different samples from below the 
SMTZ (13 cm, 23 cm, 30 cm, 36 cm, 43 cm and 48 cm). The grey maps are masks of the Desktop µXRF maps, showing 
counts above the corresponding threshold intensity only. Numbers in percent indicate the relative P content of the 
masks compared to the total P counts with a threshold of > 1 count, which we assumed to represent the percentage 
contribution of vivianite.
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Chapter 5:

Anaerobic oxidation of methane alters 
sediment records of sulfur, iron and 

phosphorus in the Black Sea
With Kraal, P., Jilbert, T., Sulu-Gambari, F., Sapart, C. J., Röckmann, T. and Slomp, C. P.

Abstract

The surface sediments in the Black Sea are underlain by extensive deposits of iron (Fe) oxide-rich 
lake sediments that were deposited prior to the inflow of marine Mediterranean Sea waters ca. 
9000 years ago. The subsequent downward diffusion of marine sulfate into the methane-bearing 
lake sediments has led to a multitude of diagenetic reactions in the sulfate-methane transition zone 
(SMTZ), including anaerobic oxidation of methane (AOM) with sulfate. While the sedimentary 
cycles of sulfur (S), methane and Fe in the SMTZ have been extensively studied, relatively little is 
known about the diagenetic alterations of the sediment record occurring below the SMTZ.

Here we combine detailed geochemical analyses of the sediment and pore water with 
multicomponent diagenetic modeling to study the diagenetic alterations below the SMTZ at 
two sites in the western Black Sea. We focus on the dynamics of Fe, S and phosphorus (P) and 
demonstrate that diagenesis has strongly overprinted the sedimentary burial records of these 
elements. In line with previous studies in the Black Sea, we show that sulfate-mediated AOM 
substantially enhances the downward diffusive flux of sulfide into the deep limnic deposits. 
During this downward sulfidization, Fe oxides, Fe carbonates and Fe phosphates (e.g. vivianite) are 
converted to sulfide phases, leading to an enrichment in solid phase S and the release of phosphate 
to the pore water. Below the sulfidization front, high concentrations of dissolved ferrous Fe (Fe2+) 
lead to sequestration of downward diffusing phosphate as authigenic vivianite, resulting in a 
transient accumulation of total P directly below the sulfidization front.

Our model results further demonstrate that downward migrating sulfide becomes partly 
re-oxidized to sulfate due to reactions with oxidized Fe minerals, fueling a cryptic S cycle and thus 
stimulating slow rates of sulfate-driven AOM (~ 1 – 100 pmol cm-3 d-1) in the sulfate-depleted 
limnic deposits. However, this process is unlikely to explain the observed release of dissolved Fe2+ 
below the SMTZ. Instead, we suggest that besides organoclastic Fe oxide reduction and reactivation 
of less reactive Fe oxides by methanogens, AOM coupled to the reduction of Fe oxides may also 
provide a possible mechanism for the high concentrations of Fe2+ in the pore water at depth. Our 
results reveal that methane plays a key role in the diagenetic alterations of Fe, S and P records in 
Black Sea sediments. The downward sulfidization into the limnic deposits is enhanced through 
sulfate-driven AOM with sulfate and AOM with Fe oxides may provide a deep source of dissolved 
Fe2+ that drives the sequestration of P in vivianite below the sulfidization front.
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5.1 Introduction

Anaerobic oxidation of methane (AOM), a process initially regarded as a biogeochemical 
curiosity, functions as an important sink for oceanic methane (CH4) by consuming > 90 % of all 
CH4 produced in marine sediments (Knittel and Boetius, 2009; Reeburgh, 2007). Although recent 
studies indicate that the biological oxidation of CH4 could be coupled to various additional electron 
acceptors such as nitrate and nitrite (Ettwig et al., 2010; Raghoebarsing et al., 2006) as well as metal 
oxides (Beal et al., 2009; Egger et al., 2015b; Riedinger et al., 2014; Scheller et al., 2016; Segarra et al., 
2013; Sivan et al., 2011), sulfate (SO4

2-) is commonly thought to be the dominant electron acceptor 
in anoxic marine systems (Knittel and Boetius, 2009; Reeburgh, 2007).

Nevertheless, a coupling between anaerobic CH4 oxidation and iron (Fe) oxide reduction 
(Fe-AOM) could have a significant impact on sedimentary Fe cycling and related processes such 
as phosphorus (P) diagenesis, because of the 8:1 Fe-CH4 stoichiometry of the reaction (Beal et 
al., 2009; Egger et al., 2015a; Rooze et al., 2016). Environmental conditions that favor Fe-AOM 
in marine systems are still poorly understood. The required co-occurrence of pore water CH4 
and abundant reducible Fe oxides suggests that Fe-AOM may occur in sediments that receive a 
relatively high input of Fe oxides compared to the in-situ production of sulfide, which could allow 
a portion of Fe oxides to escape the conversion to authigenic Fe sulfides and to remain preserved 
in the methanogenic sediments below the zone of SO4

2- reduction (Egger et al., 2015b; Riedinger 
et al., 2014; Rooze et al., 2016). In addition, perturbations inducing transient diagenesis such as 
anthropogenic eutrophication or climate change may also create diagenetic environments that are 
likely favorable for Fe-AOM, as they provide a mechanism for the burial of Fe oxide-rich deposits 
below sulfidic sediment layers (Egger et al., 2015b; Riedinger et al., 2014).

The Black Sea represents a good example of a sedimentary system in which transient diagenesis 
associated with postglacial sea-level rise has led to the accumulation of sulfidic sediments above 
Fe oxide-rich deposits. Here, the establishment of a connection to the Mediterranean Sea through 
the shallow Bosporus around 9000 years ago (Degens and Ross, 1974; Soulet et al., 2011) led to the 
inflow of marine waters into a freshwater basin, resulting in permanent salinity/density stratification 
and in the development of euxinic conditions (i.e. free dissolved sulfide present in the bottom 
water), making the current Black Sea the largest permanently anoxic basin on Earth.

In the absence of oxygen and metal oxides, SO4
2- reduction is the dominant benthic 

mineralization process of organic matter in Black Sea surface sediments below the chemocline (~ 
100 m depth) (Jørgensen et al., 2001; Thamdrup et al., 2000). At present, SO4

2- penetrates through 
the modern coccolith ooze (Unit I) and the marine sapropel (Unit II) sediments and a few meters 
into the Upper Pleistocene freshwater deposits (Unit III) (Arthur and Dean, 1998; Degens and Ross, 
1974; Jørgensen et al., 2004). Below the SO4

2- – bearing zone, methanogenesis takes over as the 
dominant process of organic matter degradation, resulting in the buildup of CH4 in the pore water 
at depth.

Interactions between the cycles of sulfur (S) and CH4 in Black Sea sediments have been 
extensively studied during recent years (Holmkvist et al., 2011b; Jørgensen et al., 2001, 2004; Knab 
et al., 2009; Leloup et al., 2007) and AOM coupled to SO4

2- reduction (SO4-AOM) was found to 
account for an estimated 7-18 % of total SO4

2- reduction in these sediments (Jørgensen et al., 
2001). The production of sulfide in the sulfate-methane transition zone (SMTZ) as a result of SO4-
AOM represents the main source of pore water sulfide at depth in the sediment. This intensified 
production of sulfide drives an enhanced downward diffusive flux of sulfide into the deep limnic 
deposits of Unit III, forming a distinct diagenetic sulfidization front recognized as a black band or 
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a series of bands owing to the conversion of Fe oxides to Fe sulfides (Berner, 1974; Jørgensen et al., 
2004; Neretin et al., 2004).

At present, the impact of the downward-migrating sulfidization front on sedimentary P, a key 
nutrient for marine phytoplankton, and the potential role of Fe-mediated AOM in the deep limnic 
deposits remain largely unknown. A buildup of ferrous Fe (Fe2+) in the pore water at depth as found 
in previous studies (Holmkvist et al., 2011b; Jørgensen et al., 2004; Knab et al., 2009), could indicate 
ongoing Fe reduction in the CH4-bearing deep limnic sediments and thus a potential coupling 
between AOM and Fe oxide reduction. The sediment records investigated up to now, however, 
do not extend deep enough to allow the sedimentary cycling of Fe and related biogeochemical 
processes below the sulfidization front to be investigated. In particular, the presence of abundant 
dissolved Fe2+ combined with a potential release of pore water phosphate (HPO4

2-) during reductive 
dissolution of Fe oxides may be conducive to the formation of reduced Fe(II)-P minerals such as 
vivianite (Fe3(PO)4*8H2O) below the sulfidization front (Egger et al., 2015a; Hsu et al., 2014; März 
et al., 2008; Sivan et al., 2011). Post-depositional diagenetic alterations as a result of downward 
sulfidization could therefore overprint burial records of P in the Upper Pleistocene deposits.

In this study, we combine detailed geochemical analyses of the sediment and pore water 
with multicomponent diagenetic modeling to study the diagenetic alterations below the lake-
marine transition at two sites in the western Black Sea. Focusing on the dynamics of S, Fe and P, 
we demonstrate that AOM coupled to SO4

2- reduction enhances the downward sulfidization and 
associated dissolution of Fe oxides, Fe carbonates and vivianite, supporting earlier findings of an 
SO4-AOM enhanced downward sulfidization in Black Sea sediments (Jørgensen et al., 2001). 
Below the sulfidization front, downward diffusing HPO4

2- precipitates as vivianite by reaction with 
the abundant dissolved Fe2+. We propose that organoclastic Fe oxide reduction, reactivation of 
less reactive Fe oxides by methanogens (Sivan et al., 2016) and/or AOM coupled to the reduction 
of Fe oxides are the key processes explaining the high concentrations of dissolved Fe2+ at depth in 
the sediment. Trends in total S and P with depth are significantly altered by the above-mentioned 
reactions, highlighting that diagenesis may strongly overprint burial records of these elements below 
a lake-marine transition.

5.2 Materials and methods

5.2.1 Sample collection
5.2.1.1 Gravity core sampling
Sediment samples were taken at two slope sites in the western Black Sea during a cruise in June 
2013 with R/V Pelagia. Gravity cores containing ~ 7 m of sediment were collected at sites 4 (43°40.6’ 
N, 30°7.5’ E; 377 meters below sea surface (mbss)) and 5 (43°42.6’ N, 30°6.1’ E; 178 mbss) (Fig. 5.1), 
both situated below the current chemocline (~ 100 m water depth). The core liners were pre-drilled 
with 2 cm diameter holes in two rows of 10 cm resolution on opposing sides of the tube, offset by 
5 cm and taped prior to coring. Upon recovery, the liners were cut into 1 m sections, transferred 
to a temperature-controlled container set at in-situ bottom water temperature (11 °C) and 
secured vertically. Subsequently, the taped holes were cut open and a cut-off syringe was inserted 
horizontally directly after opening each hole.

From one series of holes, 10 mL of wet sediment was extracted at 20 cm resolution and 
immediately transferred into a 65 mL glass bottle filled with saturated NaCl solution for CH4 
analysis. The NaCl solution was topped up after addition of the sample, ensuring that no air bubbles 
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Fig. 5.1. | Map showing the locations of site 4 (43°40.6’ N, 30°7.5’ E; 377 mbss) and site 5 (43°42.6’ N, 30°6.1’ E; 178 
mbss), sampled in June 2013.

remained. Each bottle was sealed with a black rubber stopper and a screw cap and was subsequently 
stored upside-down at room temperature. From the second series of holes, 20 mL sediment was 
extracted at 20 cm resolution, sealed with parafilm that was tightly closed with an elastic band, 
and directly inserted into a nitrogen (N2)-purged glove box. Subsequently, the sediment was 
transferred into a 50 mL centrifuge tube and centrifuged (4500 rpm; 30 min). The supernatant from 
each centrifuged sample was filtered through 0.45 µm pore size disposable filters via 20 mL plastic 
syringes in the glove box and collected in 15 mL centrifuge tubes. The sediment fraction was stored 
frozen (-20 °C) for solid phase analysis. Filtered pore water samples were sub-sampled under N2 for 
analysis of dissolved HPO4

2-, ammonium (NH4
+), dissolved inorganic carbon (DIC), Fe, manganese 

(Mn), SO4
2- and sulfide (∑H2S = H2S + HS-) (see section 5.2.2) Additional samples of 10 mL of 

sediment were collected at approximately 50 cm resolution and transferred into pre-weighed 15 mL 
glass vials to determine porosity from gravimetric water loss.

5.2.1.2 Multicore sampling
To sample the surface sediment, sediment cores (30-60 cm of sediment and at least 10 cm of 
overlying water) were recovered using an octopus multicorer (core diameter 10 cm). After recovery, 
the cores were stoppered at the base and at the top and immediately transported to a temperature-
controlled container (11 °C). One multicore from each cast was pre-drilled with 2 cm diameter 
holes in two rows at 10 cm resolution on opposing sides of the tube, offset by 5 cm, and taped prior 
to coring. These holes were sampled for CH4 as described for the gravity cores. Another core was 
directly inserted into a N2-purged glove box through an airtight hole in the base. A bottom water 
sample was collected using a 20 mL plastic syringe and the remaining bottom water was removed 
with a Tygon tube. Subsequently, the core was sliced anoxically with decreasing resolution at depth, 
i.e. 0.5 cm resolution for the first 0-2 cm, 1 cm resolution between 2-10 cm, 2 cm resolution between 
10-20 cm and 4 cm resolution for the rest of the core (> 20 cm). For each slice a sub-sample was 

Black Sea
Site 5

Site 4
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placed in a pre-weighed 15 mL glass vial for water content and solid phase analysis and stored under 
N2 in airtight jars at -20 °C. A second sub-sample was transferred to a 50 mL centrifuge tube and 
centrifuged (4500 rpm; 30 min). Both the supernatant water from each centrifuged sample and the 
bottom water sample were subsequently processed as described for the gravity cores.

Visual alignment of the pore water profiles from the multicores with those of the gravity 
cores showed that the first ~ 20 to 30 cm of sediment was lost during long coring. At site 5, the 
sediment in the multicore consisted of a gray and homogeneous turbidite below 1.5 cm depth. The 
depth for the gravity core at site 5 was thus corrected for the loss of the marine deposits, which 
were previously reported to be about 50 cm thick at a site in close proximity to site 5 (43°42.63’ N, 
30°6.12’ E; 181 mbss) (Jørgensen et al., 2004)

5.2.2 Pore water subsampling
A sub-sample of 0.5 mL was immediately transferred into a glass vial containing 1.5 mL of 8 M 
NaOH solution for analysis of dissolved sulfide. Sub-samples for total dissolved Fe and Mn, which 
are assumed to represent Fe(II) and Mn(II), were acidified with 10 µL 35 % suprapur HCl per mL 
of sub-sample. Note, however, that the dissolved (< 0.45 µm) Fe and Mn pools likely consist of a 
mixture of truly dissolved (aqueous), as well as organically complexed, colloidal and nanoparticulate 
Fe and Mn species (Raiswell and Canfield, 2012). Another 1 mL of pore water for HPO4

2- analysis 
was acidified with 4 µL 5 M HCl. Pore water SO4

2- was analyzed with ion chromatography (IC) 
in a 10-fold diluted sample (0.15 mL of pore water with 1.35 mL of de-oxygenated UHQ water). 
Sub-samples for DIC analysis (0.5 mL) were collected in glass vials (4.9 mL) to which 4.4 mL of 25 
g/L NaCl solution was added, making sure that no headspace remained. Aliquots of the remaining 
pore water were used for the measurement of alkalinity (determined onboard by titrating 1 mL of 
untreated sub-sample with 0.01 M HCl; results presented in the Appendix only) and NH4

+. All sub-
samples were stored at 4 °C and brought to room temperature just before analysis. Subsampling for 
sulfide was performed immediately after filtration and all other subsampling was performed within 
4 hours of core recovery.

Pore water sub-samples for HPO4
2-, DIC and sulfide were directly analyzed colorimetrically 

onboard on two separate QuAAtro (SEAL Analytical, Germany) auto analyzers. HPO4
2- was 

measured at 880 nm after the formation of molybdophosphate-complexes (Murphy and Riley, 
1962). Samples for DIC were acidified online after being oxidized by H2O2 and analyzed as 
described by Stoll et al. (2001). To keep the dissolved sulfide in the non-volatile HS- form under 
alkaline conditions, 1.5 mL of 8 mM NaOH was added to the sulfide samples, which were 
subsequently analyzed using the methylene blue method as described by Grasshoff (1969). Sub-
samples for dissolved Fe and Mn were analyzed onshore by ICP-OES (Perkin Elmer Optima 3000 
Inductively Coupled Plasma – Optimal Emission Spectroscopy). For the analysis of pore water 
CH4, a volume of 10 mL N2 was injected into the CH4 serum flasks (while a needle inserted through 
the septum allowed 10 mL of water to escape) to create a headspace from which a subsample was 
collected with a gas-tight syringe. Subsequently, CH4 concentrations were determined in the home 
laboratory after injection into a Thermo Finnigan Trace GC gas chromatograph (Flame Ionization 
Detector). δ13C-CH4 and δD-CH4 (D, deuterium) were analyzed by Continuous Flow Isotope Ratio 
Mass Spectrometry (CF-IRMS) as described in detail in (Brass and Röckmann, 2010) and (Sapart et 
al., 2011).
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5.2.3 Bulk sediment analysis
Sediment samples were freeze-dried, powdered and ground in an agate mortar in an argon (Ar)-
filled glove box and split into oxic and anoxic fractions. Samples from the oxic fraction were used 
for total elemental and organic carbon (Corg) analyses under normal atmospheric conditions, 
whereas anoxic splits for sediment P and Fe speciation were kept under an inert, oxygen-free Ar or 
N2 atmosphere at all times to avoid oxidation artefacts (Kraal and Slomp, 2014; Kraal et al., 2009).

5.2.3.1 Total elemental composition and organic carbon
A split of ~ 125 mg of freeze-dried sediment was dissolved overnight in 2.5 mL HF (40 %) and 2.5 
mL of HClO4/HNO3 mixture, in a closed Teflon bomb at 90 °C. The acids were then evaporated 
at 160 °C and the resulting gel was dissolved overnight in 1 M HNO3 at 90 °C. Total elemental 
concentrations in the 1 M HNO3 solutions were determined by ICP-OES. A second split of 0.3 g 
freeze-dried sediment was used to determine the Corg content using an elemental analyzer (Fison 
Instruments model NA 1500 NCS) after carbonate removal from the sediment with two washes 
with 1 M HCl (4 h and 12 h) followed by two washes with UHQ water and subsequent drying of the 
samples (Van Santvoort et al., 2002).

5.2.3.2 Sediment P fractionation
To determine the solid phase partitioning of P, aliquots of 0.1 g dried sediment were subjected to 
the SEDEX sequential extraction procedure after Ruttenberg (1992), as modified by Slomp et al. 
(1996b), but including the first MgCl2 step (Table 5.1). Sediment P was fractionated as follows: i) 
exchangeable-P (“Pexch”, extracted by 1 M MgCl2, pH 8, 0.5 h), ii) Fe-associated P (“PFe”, extracted 
by citrate-bicarbonate-dithionite (CDB), buffered to pH 7.5 with Na citrate/Na bicarbonate, 8 
h, followed by 1 M MgCl2, pH 8, 0.5 h), iii) authigenic Ca-P (“Pauthi Ca-P”, including carbonate 
fluorapatite, biogenic hydroxyapatite and CaCO3-bound P, extracted by 1 M Na acetate solution, 
buffered to pH 4 with acetic acid, 6 h, followed by 1 M MgCl2, pH 8, 0.5 h), iv) detrital Ca-P (“Pdetr”, 
extracted by 1 M HCl, 24 h) and v) organic P (“Porg”, after ashing at 550 °C for 2 h, extracted by 1 M 
HCl, 24 h). The MgCl2 washes in steps ii and iii were to ensure that any HPO4

2- re-adsorbed during 
CDB or acetate extraction was removed and included in the pools of Fe-associated P and authigenic 
Ca-P, respectively. Sediments were shielded from oxygen inside an Ar-filled glovebox until step 3 
of the SEDEX procedure to eliminate the potential conversion of Ca-P to Fe-bound P due to pyrite 
oxidation upon oxygen exposure (Kraal and Slomp, 2014; Kraal et al., 2009). Dissolved HPO4

2- 
in the CDB solution was analyzed by ICP-OES. For all other solutions, HPO4

2- was determined 
colorimetrically (Strickland and Parsons, 1972) on a Shimadzu spectrophotometer using the 
ammonium heptamolybdate – ascorbic acid method.

5.2.3.3 Sediment Fe fractionation
Sediment Fe was fractionated into i) carbonate associated Fe (“Fecarb”, including siderite and 
ankerite, extracted by 1 M Na-acetate brought to pH 4.5 with acetic acid, 24 h), ii) easily 
reducible (amorphous) oxides (“Feox1”, including ferrihydrite and lepidocrocite, extracted by 1 M 
hydroxylamine-HCl, 24 h), iii) reducible (crystalline) oxides (“Feox2”, including goethite, hematite 
and akagenéite, extracted by Na-dithionite buffer, pH 4.8, 2 h) and iv) Fe in recalcitrant oxides 
(mostly magnetite, “Femag”, extracted by 0.2 M ammonium oxalate/0.17 M oxalic acid solution, 2 h), 
according to Poulton and Canfield (2005), using a 50 mg aliquot of dried sediment (Table 5.1). An 
additional aliquot of 50 mg was subjected to an adapted sequential extraction procedure after Claff 
et al. (2010), separating labile Fe(II) (“Fe(II)HCl”) and Fe(III) (“Fe(III)HCl”) using 1 M HCl (4 h) from
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Step and code Extractant, extraction time Target phase

P fractionation (modified from Ruttenberg (1992); done for site 4 (MC & GC) and site 5 (MC & GC)

1 Pexch 1 M MgCl2, pH 8, 0.5 h Exchangeable P

2a PFe 25 g L-1 Na dithionite, pH 7.5, 8 h Fe-associated P
3a Pauthi Ca-P Na acetate buffer, pH 4, 6 h P in authigenic and biogenic Ca-P minerals and CaCO3

4 Pdetr 1 M HCl, 24 h Detrital P
5 Porg Ashing at 550 oC (2h), then 1 M HCl, 24 h Organic P

Fe fractionation (after Poulton and Canfield (2005); done for site 4 (MC & GC) and site 5 (MC))

1 Fecarb 1 M Na acetate, pH 4.5, 24 h Carbonate-associated Fe
2 Feox1 1 M hydroxylamine-HCl, 24 h Amorphous Fe oxides (ferrihydrite)
3 Feox2 50 g L-1 Na dithionite, pH 4.8, 2 h Crystalline Fe oxides (goethite, hematite)
4 Femag 0.2 M ammonium oxalate/0.17 M oxalic acid, 2 h Recalcitrant Fe oxides (mostly magnetite)

Fe fractionation (modified from Claff et al. (2010); done for site 4 (MC & GC) and site 5 (MC))

1 Fe(II)HCl 1 M HCl, 4 h Labile Fe(II) (carbonates, poorly ordered sulfides)
2 Fe(III)HCl 1 M HCl, 4 h Labile Fe(III) (easily reducible oxides)
3 Fe(III)CDB 50 g L-1 Na dithionite, pH 4.8, 4 h Crystalline Fe oxides
4 Fepyrite Concentrated HNO3, 2 h Pyrite (FeS2)

S fractionation (after Burton et al. (2008); done for site 4 (MC) and site 5 (MC & GC))

1 AVS 6 M HCl, 24 h S in Fe monosulfides (FeS)
2 CRS Acidic chromous chloride solution, 48 h S in pyrite (FeS2)

crystalline Fe oxide minerals (“Fe(II)CDB”, Na-dithionite buffer, pH 4.8, 4 h) and from pyrite (“Fepyrite”, 
concentrated nitric acid, 2 h), for all multicores as well as for the long core at site 4 (Table 5.1).

At site 4 (multicore only) and 5 (multicore and gravity core), aliquots of 0.5 g dried sediment 
were used to sequentially determine the amount of FeS (acid volatile sulfur, “AVS”, using 6 M HCl) 
and FeS2 (chromium reducible sulfur, “CRS”, using acidic chromous chloride solution) via the 
passive diffusion method described by (Burton et al., 2008) using iodometric titration of the ZnS 
formed in the alkaline Zn acetate traps to quantify AVS and CRS (Table 5.1).

5.2.4 Diagenetic model
5.2.4.1 General form
A multicomponent transient diagenetic model was developed for site 4 based on existing diagenetic 
models (Reed et al., 2011a, 2011b; Rooze et al., 2016) to gain a better understanding of the transient 
diagenesis in Black Sea sediments and to investigate the potential for Fe-AOM as a source of pore 
water Fe2+ at depth. The model describes the cycling of dissolved and particulate chemical species 
in a 1D sediment column (Berner, 1980). A total of 25 different chemical species (Table 5.2) were 
subjected to a suite of biogeochemical reactions (Table 5.3) and vertical transport through burial, 
as well as molecular diffusion for dissolved species (Boudreau, 1997; Soetaert et al., 1996; Wang and 
Van Cappellen, 1996). The general diagenetic equations for solid (Eq. (I)) and dissolved species (Eq. 
(II)) are, respectively,

Table 5.1 | Overview of the sequential P, Fe and S fractionation methods used in this study.

a These steps were followed by a wash step with 1 M MgCl2, which was added to the corresponding step; MC = multicore and GC = 
gravity core.
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Table 5.2 | Chemical species included in the diagenetic model

Species Notation Type

Organic mattera OMα,β,γ Solid

Iron oxidesa Fe(OH)3
α,β,γ Solid

Iron monosulfide FeS Solid

Pyrite FeS2 Solid

Siderite FeCO3 Solid

Elemental sulfur S0 Solid

Iron-oxide bound phosphorus FeoxP Solid

Vivianite Fe3(PO4)2 Solid

Organic phosphorus Porg Solid

Authigenic (Ca) phosphorus CaP Solid

Detrital phosphorus DetrP Solid

Chloride Cl- Solute

Oxygen O2 Solute

Sulfate SO4
2- Solute

Iron Fe2+ Solute

Hydrogen sulfideb ∑H2S Solute

Methane CH4 Solute

Ammoniumb ∑NH4
+ Solute

Nitrate NO3
- Solute

Phosphate ∑HPO4
2- Solute

Dissolved inorganic carbon DIC Solute

a There are three types of species: reactive (α”), less reactive (β) and  refractory (γ);  b ∑ denotes that all species of an acid are 
included

      (I)

 
     
      (II)

where Cs is the concentration of the solid species (mol L-1; mass per unit volume of solids), 
Caq the concentration of the dissolved species (mol L-1; mass per unit volume of pore water), t is 
time (yr), ϕ the sediment porosity, x the distance from the sediment-water interface (cm), Dʹ the 
diffusion coefficients of dissolved species in the sediment (cm2 yr-1) adjusted for the considered 
setting (Appendix 5.A and 5.B) (Boudreau, 1997) and corrected for the tortuosity in the porous 
medium (Boudreau, 1996) (see Appendix 5.B). ∑Rs and ∑Raq are the net reaction rates of the 
solid and dissolved species from the chemical reactions they participate in (Table 5.3), and v and 
u the advective velocities (cm yr-1) of the solid and the dissolved species, respectively. Porosity 
and advective velocities were described by depth-dependent functions to account for sediment 
compaction (Meysman et al., 2005; Reed et al., 2011a) (see Appendix 5.A and 5.C).

Reactions considered by the model and corresponding reaction equations are given in Tables 
5.3 and 5.4, respectively, and are divided into primary redox reactions and other biogeochemical 
reactions, including various mineral formation and dissolution reactions (Reed et al., 2011a, 2011b; 

(1 - ϕ)
∂Cs

∂t
= -(1 - ϕ)v

∂Cs

∂x
+ ∑Rs

ϕ
∂Caq

∂t
= ϕ Dʹ ∂2Caq

∂x2
- ϕu

∂Caq

∂x
+ ∑Raq
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Primary redox reactions*

OMα,β + aO2 → aCO2 + bNH4
+ + cH3PO4 + aH2O R1

OMα,β + 0.8aNO3
- + 0.8aH+ → aCO2 + bNH4

+ + cH3PO4 + 0.4aN2 + 1.4aH2O R2

OMα,β + 4aFe(OH)3
α + 4aχα FeoxP + 12aH+ → aCO2 + bNH4

+ + (c+4aχα)H3PO4 + 4aFe2+ + 13aH2O R3
OMα,β + 0.5aSO4

2- + aH+ → aCO2 + bNH4
+ + cH3PO4 + 0.5aH2S + aH2O R4

OMα,β → 0.5aCO2 + bNH4
+ + cH3PO4 + 0.5aCH4 R5

CO2 + 4H2 → CH4  + 2H2O R6

Secondary redox and other reactions†

2O2 + NH4
+ + 2HCO3

- → NO3
- + 2CO2 + 3H2O R7

O2 + 4Fe2+ + 8HCO3
- + 2H2O + 4χαH2PO4

- → 4Fe(OH)3
α + 4χαFeoxP + 8CO2 R8

2O2 + FeS → SO4
2- + Fe2+ R9

7O2 + 2FeS2 + 2H2O → 4SO4
2- + 2Fe2+ + 4H+ R10

2O2 + H2S + 2HCO3
- → SO4

2- + 2CO2 + 2H2O R11
2O2 + CH4 → CO2 + 2H2O R12
2Fe(OH)3

α + 2χαFeoxP + H2S + 4CO2 → 2Fe2+ + 2χαH2PO4
- + S0 + 4HCO3

- + 2H2O R13
2Fe(OH)3

β + 2χβFeoxP + H2S + 4CO2 → 2Fe2+ + 2χβH2PO4
- + S0 + 4HCO3

- + 2H2O R14
Fe2+ + H2S → FeS + 2H+ R15
FeS + H2S → FeS2 + H2 R16
4S0 + 4H2O → 3H2S + SO4

2- + 2H+ R17
FeS + S0 → FeS2 R18
SO4

2- + CH4 + CO2 → 2HCO3
- + H2S R19

CH4 + 8Fe(OH)3
α,β + 8χα,βFeoxP + 15H+ → HCO3

- + 8Fe2+ + 8χα,βH2PO4
- + 21H2O R20

Fe(OH)3
α + (χα - χβ)FeoxP → Fe(OH)3

β + (χα - χβ)H2PO4
- R21

Fe(OH)3
β + (χβ - χγ)FeoxP → Fe(OH)3

γ + (χβ - χγ)H2PO4
- R22

3Fe2+ + 2HPO4
2- → Fe3(PO4)2 + 2H+ R23

Fe2+ + CO3
2- → FeCO3 R24

FeCO3 + H2S → FeS + HCO3
- + H+ R25

Fe3(PO4)2 + 3H2S → 3FeS + 2HPO4
2- + 4H+ R26

* Organic matter (OM) is of the form (CH2O)a(NH4
+)b(H3PO4)c, with a = 1, b = 1/16 and c = 1/106. Under anoxic bottom water 

conditions, ‘c’ reduces to 0.25 to account for the preferential regeneration of P (e.g. Ingall et al. (1993)). † χα,β,γ refers to the P:Fe ratio 
of Fe(OH)3

α,β,γ (see Supplementary Table S1). R6 = CH4 production from DIC (i.e. CO2); R7 = nitrification; R8 = Fe(OH)3 formation; 
R9 = FeS oxidation; R10 = FeS2 oxidation; R11 = H2S oxidation; R12 = aerobic CH4 oxidation; R13 and R14 = Fe(OH)3 reduction by 
H2S; R15= FeS formation; R16 = pyrite formation (H2S pathway); R17 = S0 disproportionation; R18 = pyrite formation (polysulfide 
pathway); R19 = SO4-AOM; R20 = Fe-AOM; R21 = conversion (i.e. crystallization) from α to β phase; R22 = crystallization from β to γ 
phase; R23 = vivianite formation; R24 = siderite precipitation; R25 = conversion from siderite to FeS; R26 = vivianite dissolution by 
dissolved sulfide

Rooze et al., 2016). Corresponding reaction parameters were mostly taken from the literature or, 
if these were not available or no fit to the data could be obtained with existing parameter ranges, 
constrained using the extensive geochemical dataset for site 4 (Table 5.5). A model sensitivity 
analysis for key parameters is provided in the Appendix (Appendix 5.D and 5.E).

To account for differences in reactivity and crystallinity between different species, organic 
matter and Fe oxides are divided into three different pools, representing highly reactive (α), less 
reactive (β) and non-reactive (i.e. inert) (γ) phases. For the Fe oxides, only the α phase is used by 
organoclastic Fe reduction (Table 5.3), while the β phase is also used by Fe-AOM. This assumption 
was made to test whether the pore water and sediment profiles observed in the Black Sea can be 
reproduced with Fe-AOM as the main Fe reduction pathway at depth. In addition, it allows 
an assessment of the potential impact of Fe-AOM on sedimentary CH4 cycling. Note that, as  

Table 5.3 | Reaction pathways and stoichiometries implemented in the diagenetic model. 
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Table 5.4 | Reaction equations implemented in the model.

Primary redox reaction equations

( [O2]

KO2 + [O2]
R1 = kα,βOMα,β ) E1

R2 = kα,βOMα,β( [NO3
-]

KNO3
- + [NO3

-])( KO2

KO2 + [O2]) E2

R3 = kα,βOMα,β( [Fe(OH)3
α]

KFe(OH)3
α + [Fe(OH)3

α])( KNO3
-

KNO3
- + [NO3

-])( KO2

KO2 + [O2]) E3

R4 = Ψkα,βOMα,β( [SO4
2-]

KSO4
2- + [SO4

2-] )( KFe(OH)3
α

KFe(OH)3
α + [Fe(OH)3

α])( KNO3
-

KNO3
- + [NO3

-])( KO2

KO2 + [O2]) E4

R5 = Ψkα,βOMα,β( KSO4
2-

KSO4
2- + [SO4

2-] )( KFe(OH)3
α

KFe(OH)3
α + [Fe(OH)3

α])( KNO3
-

KNO3
- + [NO3

-])( KO2

KO2 + [O2]) E5

R6 = k1DIC( KSO4
2-

KSO4
2- + [SO4

2-] )( KFe(OH)3
α

KFe(OH)3
α + [Fe(OH)3

α])( KNO3
-

KNO3
- + [NO3

-])( KO2

KO2 + [O2]) E6

Secondary redox and other reaction equations

R7  = k2[O2][NH4
+] E7

R8  = k3[O2][Fe2+] E8
R9  = k4[O2][FeS] E9
R10 = k5[O2][FeS2] E10
R11 = k6[O2][∑H2S] E11
R12 = k7[O2][CH4] E12
R13 = k8[Fe(OH)3

α][∑H2S] E13
R14 = k9[Fe(OH)3

β][∑H2S] E14
R15 = k10[Fe2+][∑H2S] E15
R16 = k11 [FeS] [∑H2S] E16
R17 = k12[S0] E17
R18 = k13 [FeS] [S0] E18
R19 = k14[SO4

2-][CH4] E19
R20 = k15[Fe(OH)3

α,β][CH4] E20
R21 = k16 [Fe(OH)3

α] E21
R22 = k17 [Fe(OH)3

β] E22
R23 = k18 [Fe2+] [HPO4

2-] E23
R24 = k19 [Fe2+] [DIC] E24
R25 = k20 [FeCO3] [∑H2S] E25
R26 = k21 [Fe3(PO4)2] [∑H2S] E26

consequence of the exclusion of organoclastic Fe reduction at depth, the model results should not be 
interpreted as proof for Fe-AOM but rather imply that it is a possible mechanism.

The succession of oxidants during organic matter decomposition (Froelich et al., 
1979) is described by means of Monod kinetics (Table 5.4), whereby those oxidants with 
the highest metabolic free energy yield are used preferentially until they become limiting 
and the oxidant with the next highest energy yield is used (Berg et al., 2003; Boudreau, 
1996; Reed et al., 2011b; Rooze et al., 2016; Wang and Van Cappellen, 1996). Oxidants  
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Table 5.5 | Reaction parameters used in the diagenetic model.

Parameter Symbol Value Units Values in literature

Decay constant for OMα kα 0.05 yr-1 0.05 - 1.62 a, b

Decay constant for OMβ kβ 0.0086 yr-1 0.0086 b

Limiting concentration of O2 KO2 0.02 mM 0.001 - 0.03 c

Limiting concentration of  NO3
- KNO3- 0.004 mM 0.004 - 0.08 c

Limiting concentration of Fe(OH)3 KFe(OH)3α 65 μmol g-1 65 - 100 c

Limiting concentration of SO4
2- KSO42- 1.6 mM 1.6 c

Attenuation factor for SO4
2- and 

methanogenesis
ψ 0.0042 - 0.00157 - 0.075 b, d

Rate constant for reaction E6 k1 0.0011 yr-1 Model constrained
Rate constant for reaction E7 k2 104 mM-1 yr-1 5000 - 39000 c, d

Rate constant for reaction E8 k3 1.4 * 105 mM-1 yr-1 1.4 * 105 c

Rate constant for reaction E9 k4 300 mM-1 yr-1 300 c

Rate constant for reaction E10 k5 1 mM-1 yr-1 1 c

Rate constant for reaction E11 k6 160 mM-1 yr-1 ≥ 160 c

Rate constant for reaction E12 k7 107 mM-1 yr-1 107 c

Rate constant for reaction E13 k8 9.5 mM-1 yr-1 ≤ 100 c

Rate constant for reaction E14 k9 0.95 mM-1 yr-1 Model constrained

Rate constant for reaction E15 k10 150 mM-1 yr-1 100 - 14800 b, d

Rate constant for reaction E16 k11 0.0003 mM-1 yr-1 3.15 e

Rate constant for reaction E17 k12 3 yr-1 3 f

Rate constant for reaction E18 k13 1 mM-1 yr-1 7 f

Rate constant for reaction E19 k14 0.14 mM-1 yr-1 10 c

Rate constant for reaction E20 k15 1.6 * 10-7 mM-1 yr-1 0.0074 g

Rate constant for reaction E21 k16 0.6 yr-1 0.6 f

Rate constant for reaction E22 k17 1.3*10-5 yr-1 Model constrained
Rate constant for reaction E23 k18 0.052 mM-1 yr-1 Model constrained
Rate constant for reaction E24 k19 0.0027 mM-1 yr-1 Model constrained
Rate constant for reaction E25 k20 0.0008 mM-1 yr-1 Model constrained
Rate constant for reaction E26 k21 0.0008 mM-1 yr-1 Model constrained

a Moodley et al. (2005); b Reed et al. (2011a); c Wang and Van Cappellen (1996); d Reed et al. (2011b); e Rickard and Luther (1997); f 

Berg et al. (2003); g Rooze et al. (2016)

considered by the model are (in descending order of energy yield) O2, nitrate (NO3
-), Fe oxides 

and SO4
2-. Once these oxidants are exhausted, organic matter remineralization occurs by 

methanogenesis. Corresponding limiting concentrations for the oxidants are taken from (Reed 
et al., 2011a) (Table 5.5). In addition, an attenuation factor, ψ, is used to slow down anaerobic 
organic matter degradation through SO4

2- reduction and methanogenesis, thus allowing for better 
preservation of organic matter under anoxic bottom water conditions (Moodley et al., 2005; Reed et 
al., 2011a, 2011b).

Cycling of S is simulated using five different chemical species, i.e. Fe monosulfides (FeS), pyrite 
(FeS2), elemental S (S0), dissolved sulfide and pore water SO4

2- (Table 5.2), combined in a network 
of various biogeochemical reactions (Table 5.3). The CH4 cycle includes CH4 production from 
organic matter and from DIC (i.e. CO2), as well as CH4 oxidation coupled to the reduction of O2, 
SO4

2- and Fe(OH)3 (Table 5.3). For AOM a bimolecular rate equation was used (Table 5.4), which is 
the most common way to parameterize AOM in reactive transport models (Regnier et al., 2011) and 
allows the use of largely unknown half-saturation constants, in particular for the putative Fe-AOM 
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pathway, to be avoided. Although Mn-oxides have also been suggested to be a thermodynamically 
favorable electron acceptor for AOM (Beal et al., 2009), they were not included in the model 
because of the relatively low Mn concentrations (~ 15 μmol g-1 for total sedimentary Mn and < 30 
μM for dissolved Mn2+; see Appendix 5.F and 5.G) when compared to Fe and the likely presence of 
most of the Mn in the form of Mn-carbonates.

The P forms included in the model are pore water HPO4
2-, authigenic Ca-P, organic P and 

detrital P, as well as Fe-bound P, i.e. P associated with Fe oxides and P in vivianite (Table 5.2). The 
removal of dissolved Fe2+ through formation of the Fe minerals FeS, siderite (FeCO3) and vivianite 
is also included in the model (Table 5.3). Mass balances for all chemical species included in the 
model are given in Appendix 5.H.

The boundary conditions at the sediment surface were specified as time-dependent depositional 
fluxes for the particulate components and as fixed bottom water concentrations for the dissolved 
species, while a zero gradient boundary condition was set for all chemical species at the base of the 
model domain (Fig. 5.2 and Appendix 5.I). To avoid potential interferences of the lower boundary 
conditions with the model results in the upper sediments (see Appendix 5.J), the model depth was 
set to 3000 cm and divided into 500 grid cells. The thickness of the upper layer was set at 1 cm, and 
the thickness of the following grid layers increased exponentially to ~ 6 cm at 800 cm depth and to 
~18 cm at 3000 cm depth. Here, only the upper 800 cm are shown. However, all profiles extending 
over the full depth range are provided in the Appendix. The model code was written in R using 
the marelac geochemical dataset package (Soetaert et al., 2010) and the ReacTran package (Soetaert 
and Meysman, 2012) to calculate the transport in porous media. The set of ordinary differential 
equations was subsequently solved numerically with the lsoda integrator algorithm (Hindmarsh, 
1983; Petzoldt, 1983)

5.2.4.2 Transient scenario
The model applied in this study simulates the sediment deposition during the last 25000 years. A 
constant mass accumulation rate of 0.06 g cm-2 yr-1 over the Holocene was assumed. In order to 
reduce the computing time for the freshwater period, a higher mass accumulation rate of 1 g cm-2 
yr-1 was used between 25000 and 10000 years before present (B.P.) and all fluxes were corrected 
accordingly (i.e. multiplied with a factor of 16.67). Inflow of Mediterranean saltwater into the 
Black Sea basin was modelled assuming an initial salinity of 1 for the freshwater lake and a linear 
increase to a salinity of 22 between 8500 and 1500 years B.P. (Fig. 5.2). Such a salinization scenario 
results in a good fit to the chloride (Cl-) profile (Fig. 5.3) and compares well with a previous salinity 
reconstruction suggesting a linear increase in salinity of 1 to 22 between 9000 ± 500 years B.P. and 
2000 ± 500 years B.P. (Soulet et al., 2010). Bottom water salinity was converted to Cl- and SO4

2- 
using the molecular weights and seawater density derived from the marelac geochemical dataset 
package (Soetaert et al., 2010) (Appendix 5.B). A shift from oxic towards euxinic conditions around 
7600 years B.P., with a peak in organic matter loading around 5300 years B.P. and constant elevated 
organic matter fluxes after 2700 years B.P. was assumed, following a recent study comprising 
data from seven sediment cores collected from the Black Sea (Eckert et al., 2013) (Fig. 5.2). In 
addition, the input of organic matter was assumed to increase again in the last century, reflecting 
anthropogenic eutrophication of waters on the adjacent continental shelf as previously reported 
(Capet et al., 2013; Kemp et al., 2009). With the development of anoxic and sulfidic bottom-water 
conditions, depositional fluxes of reactive Fe oxides were assumed to be zero (Fig. 5.2). In contrast, 
fluxes of Fe sulfides are high under euxinic conditions and dominated by FeS2.
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5.3 Results

5.3.1 Pore water profiles
Pore water profiles of SO4

2- show a linear decrease from ~ 17 mM at the sediment water interface 
to a depth of ~ 230 cm at both sites, below which CH4 starts to accumulate in the pore water (Fig. 
5.3). Bubble formation and degassing of CH4 during gravity coring could not be avoided because 
of the high concentrations of CH4 in the limnic deposits above the saturation of ca 1.3 mM CH4 at 
atmospheric pressure (calculated for a salinity of 22 and a temperature of 25 °C using the algorithm 
from Mogollón et al. (2013)). Observations of increased outgassing with depth during coring 
suggest that the low CH4 concentrations in the deeper sediments at both sites are due to enhanced 
outgassing with increasing levels of CH4. Pore water profiles of NH4

+ at both sites are similar and 
concentrations increase to ~ 3 mM at depth, suggesting that actual CH4 concentrations at both 
sites could be comparable. Most of the CH4 values thus only indicate the presence or absence of 
CH4 and are not a quantitative measure (indicated as open diamonds in Fig. 5.4). Note that the 
upper ~ 300 cm of sediment at site 5 are likely less affected by CH4 outgassing. Modeled pore water 
concentrations of CH4 on the other hand, show a steep increase below the SMTZ, comparable to the 
gradient observed at site 5, and build up to concentrations of ~ 15 mM at depth (Appendix 5.G).

Fig. 5.2 | Transient evolution of salinity with a linear increase from 1 to 22 between 8500 and 1500 years B.P. (a), fluxes 
of organic matter (JCorg; b), Fe oxides (JFe(OH)3; c) and Fe sulfides (JFeSx; d) as implemented in the diagenetic model (site 
4).
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Th e SMTZ is located around 230 cm depth in the sediment and is characterized by the removal 
of both pore water SO4

2- and dissolved CH4. In this zone, SO4-AOM drives the production of 
dissolved sulfi de, DIC and alkalinity (Appendix 5.G) and diff usion of these pore water constituents 
away from the SMTZ (Fig. 5.3). Below the sulfi de diff usion front, Fe2+ accumulates in the pore 
water. Dissolved HPO4

2- reaches a maximum around the depth where sulfi de levels drop below the 
detection limit of 1 μmol L-1, followed by a steep decrease with depth. Concentrations of pore water 
Mn2+ are more than an order of magnitude lower than those of dissolved Fe2+, and decrease from the 
sediment surface until ~ 200 cm depth, below which they slightly increase again (Appendix 5.G).

Th e smooth pore water profi les of δ13C-CH4 and δD-CH4 suggest that the isotopic composition 
of pore water CH4 (available for site 5 only) is less aff ected by the CH4 loss and reveals a biological 
origin in the limnic deposits, with hydrogenotrophic carbonate reduction, i.e. microbial reduction 
of CO2 to CH4 as the main methanogenic pathway for the range of CH4 isotope ratios observed 
in these sediments (Fig. 5.4) (Whiticar, 1999). Upward diff using CH4 shows a gradual depletion in 
δ13C-CH4 from ~ -74 ‰ at depth to ~ -96 ‰ around the SMTZ, followed by subsequent progressive 
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Fig. 5.3 | Pore water profi les of key components for site 4 (black diamonds) and site 5 (gray diamonds) and 
corresponding modeled profi les as calculated with the diagenetic model (black solid lines). Dotted lines and roman 
numbers indicate the transitions between the lithological Unit I (modern coccolith ooze), Unit II (marine sapropel) 
and Unit III (limnic deposits). Th e grey bar represents the sulfate-methane transition zone (SMTZ) and the dashed line 
shows the current position of the downward migrating sulfi dization front (S-front). Th e dashed vertical line indicates 
the CH4 saturation concentration at atmospheric pressure (Mogollón et al., 2013). Th e open diamonds indicate CH4 
concentrations that are likely underestimated due to outgassing of CH4 during coring.
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Fig. 5.4 | Pore water profi les of CH4 for site 4 (black diamonds) and 5 (gray diamonds) and corresponding isotopic 
composition of dissolved CH4 (available for site 5 only). δ13C-CH4 values are given in ‰ vs. VPDB (Vienna Pee Dee 
Belemnite) and δD-CH4 values are given in ‰ vs. V-SMOW (Vienna Standard Mean Ocean Water). Dotted lines 
and roman numbers indicate the transitions between the lithological Unit I (modern coccolith ooze), Unit II (marine 
sapropel) and Unit III (limnic deposits). Th e grey bar represents the sulfate-methane transition zone (SMTZ) and the 
dashed line shows the current position of the downward migrating sulfi dization front (S-front). Th e dashed vertical 
line indicates the CH4 saturation concentration at atmospheric pressure (Mogollón et al., 2013). Th e open diamonds 
indicate CH4 concentrations that are likely underestimated due to outgassing of CH4 during coring. 

Fig. 5.5 | Solid phase sediment profi les for site 4 (black diamonds) and 5 (gray diamonds). Fe oxides represent the 
sum of amorphous, crystalline and recalcitrant oxides, i.e. Feox1, Feox2 and Femag (Table 5.1, Appendix 5.F). Fecarb was 
corrected for apparent AVS dissolution during the Na acetate extraction step (the uncorrected Fecarb data is given in 
Appendix 5.F). Black solid lines represent profi les derived from the diagenetic model.  
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13C enrichment towards the sediment surface. δD-CH4 shows a small enrichment from -226 ‰ at 
depth to ~ -208 ‰ at the SMTZ and a strong shift towards high δD-CH4 values of up to ~ 113 ‰.

5.3.2 Solid phase profiles
A pronounced excursion in sedimentary Corg at site 4 in combination with a shift from gray clay 
deposits to micro-laminated black sediments indicates that the lake-marine transition, i.e. the 
transition between the marine sapropel Unit II and the deep limnic sediments of Unit III (Arthur 
and Dean, 1998; Degens and Ross, 1974), is located around a sediment depth of ~ 90 cm at site 4
(Fig. 5.5). At site 5, Unit I and Unit II were lost due to a turbidite, explaining the low concentrations 
of Corg in the upper sediments.

Concentrations of solid S increase with decreasing depth from 20 μmol g-1 below 300 cm 
(sulfidization front) to ~ 400 μmol g-1 in the upper 100 cm at both sites and are dominated by 
FeS2 (Fig. 5.5). Iron oxides show a decrease from ~ 100 μmol g-1 at depth to ~ 50 μmol g-1 in the 
sediments between 100 – 300 cm and a further decrease to ~ 10 μmol g-1 closer to the sediment 
surface. Amorphous Fe oxides (Feox1) and more crystalline oxides (Feox2) both account for half the 
total amount of Fe oxides, with a small contribution of recalcitrant oxides (Femag) (Appendix 5.F). 
The results from the two different Fe extractions applied in this study (Table 5.1) generally compare 
well (Appendix 5.F). Note, however, that the Fe oxides in Fig. 5.5 represent the results from the 
extraction after Poulton and Canfield (2005). Results from the Fe extractions modified from Claff et 
al. (2010) are provided in the Appendix only. Sedimentary Mn content is relatively low at all three 
sites, ranging from ~ 5-10 μmol g-1 in the marine sediments to ~ 15 μmol g-1 in the deep limnic 
deposits of Unit III (Appendix 5.F).

Sediments below the sulfidization front are characterized by high Fe carbonate contents of 
~ 100 μmol g-1. The sharp depletion in Fe carbonate around the sulfidization front could only be 
reproduced in the model by assuming Fe carbonate dissolution by dissolved sulfide (Table 5.3). 
These results suggest a conversion of reactive Fe from carbonate toward sulfide phases in the 
presence of abundant dissolved sulfide.

Units I and II show high concentrations of organic P, which accounts for ~ 30 % of total P 
in these sediments (Fig. 5.5). Low organic P and high concentrations of detrital P in the upper 
sediments at site 5 are due to the turbidite. The limnic deposits of Unit III are generally depleted 
in organic P (< 6 % of total P) and enriched in detrital P. Authigenic Ca-P shows little variation in 
the sediments of Unit III, accounting for ~ 20 to 30 % of total P at the two sites. The contribution 
of Fe-associated P, on the other hand, is reduced in the limnic deposits of Unit III exposed to the 
downward diffusing sulfide (~ 20 %) when compared to the sediments below the sulfidization front 
(~ 30 %). Concentrations of exchangeable P are < 2 μmol g-1 for sediments above the SMTZ and < 1 
μmol g-1 for sediments at depth (data not shown).

Modeled SO4
2- reduction rates show two distinct peaks of ~ 200 pmol SO4

2- cm-3 d-1 in the 
sediments of Unit II and in the sediments around the SMTZ (Fig. 5.6). Rates of CH4 production are 
highest (~ 30 pmol CH4 cm-3 d-1) in the organic-rich marine deposits of Unit II and in the limnic 
deposits below the SMTZ. The sediments around the SMTZ are further characterized by high 
rates of SO4-AOM (~ 200 pmol cm-3 d-1), whereas sediments directly below the sulfidization front 
show enhanced rates of S0 disproportionation (~ 15 pmol cm-3 d-1). Organoclastic SO4

2- reduction 
provides the main source for pore water sulfide in the organic-rich marine deposits, while SO4-
AOM and S0 disproportionation are the dominant sources of dissolved sulfide in sediments around 
the SMTZ and directly below the sulfidization front, respectively. Rates of Fe-AOM are generally 
low (< 0.04 pmol CH4 cm-3 d-1) and restricted to the limnic deposits only.
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Fig. 5.6 | Modeled rates of total SO4
2- reduction, total CH4 production, SO4-AOM, S0 disproportionation, sulfi de 

production and Fe-AOM. Dotted lines and roman numbers indicate the transitions between the lithological Unit I 
(modern coccolith ooze), Unit II (marine sapropel) and Unit III (limnic deposits). Th e grey bar represents the 
sulfate-methane transition zone (SMTZ) and the dashed line shows the current position of the downward migrating 
sulfi dization front (S-front). 

Fig. 5.7 | Transient evolution of selected pore water and sediment profi les with depth as calculated for site 4 using the 
diagenetic model.
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5.3.3 Temporal evolution
The temporal evolution in pore water and solid phase constituents illustrates the impact 
of the lake-marine transition on the sediment geochemistry (Fig. 5.7). Concentrations of 
pore water Cl- and SO4

2- increase with the intrusion of marine Mediterranean Sea waters, 
accompanied by a decrease in dissolved CH4 and accumulation of pore water sulfide in the 
shallower sediments. Dissolved Fe2+ becomes restricted to non-sulfidic pore waters at depth, 
while HPO4

2- and solid S start to accumulate in the presence of dissolved sulfide. Iron oxides 
decrease in the surface sediments as well as in the sediments at depth. Vivianite, on the other 
hand, becomes increasingly enriched in sediments below the downward diffusing sulfide front.

5.4 Discussion

5.4.1 Coupled S, CH4 and Fe dynamics
5.4.1.1 Organoclastic SO4

2- reduction
Model-derived areal rates of total SO4

2- reduction of ~ 0.24 mmol SO4
2- m-2 d-1 (Table 5.6), i.e. the 

total amount of SO4
2- reduced per square meter of sea floor, compare well with calculated diffusive 

fluxes of SO4
2- into the sediment at sites 4 and 5 (~ 0.21 and 0.20 mmol SO4

2-
 m-2 d-1, respectively) 

and are in good agreement with previous SO4
2- flux estimates of 0.17 to 0.28 mmol SO4

2- m-2 d-1 
for sediments of the western Black Sea (Jørgensen et al., 2001). In the model, organoclastic SO4

2- 
reduction accounts for > 65 % of total organic matter degradation in the upper 800 cm of sediment, 
supporting previous conclusions that SO4

2- reduction represents the dominant mineralization 
process of organic matter in sediments below the chemocline (Jørgensen et al., 2001; Thamdrup 
et al., 2000). The remaining < 25 % of organic matter remineralization is due to methanogenesis. 
The relative contribution of SRR to organic matter remineralization, however, likely is significantly 
higher when taking into account the high SRR in the uppermost sediment layers (Jørgensen et al., 
2001), which are not captured by our model.

The depth-dependent rate profile of SO4
2- reduction shows two distinct peaks of ~ 70 and 230 

pmol SO4
2- cm-3 d-1 associated with organoclastic SO4

2- reduction in the organic matter rich marine 
deposits of Unit I and Unit II. These rates are at the low end of reported values from Black Sea 
sediments (0.1 – 20 nmol cm-3 d-1) (Holmkvist et al., 2011b; Jørgensen et al., 2001, 2004; Knab et al., 
2009; Leloup et al., 2007). Our model further demonstrates that the two SRR peaks in the sediments 
of Unit I and Unit II are not reflected in the pore water profile of SO4

2-. This finding is in line with 
earlier work showing that the SO4

2- gradient in Black Sea sediments is primarily affected by SO4-
AOM in the SMTZ (Jørgensen et al., 2001). The shorter diffusion distance (the diffusion time to ~ 
200 cm is about 5 times longer than to ~ 90 cm, i.e. ~ 300 years vs. ~ 60 years) and higher porosity 
in Unit I and II (Appendix 5.C) both dampen the effect of SO4

2- reduction in the marine deposits on 
the SO4

2- profile (see also Jørgensen et al., (2001)). Thus, our results support previous conclusions 
that SRR estimates based on pore water profiles of SO4

2- (i.e. net SO4
2- consumption) alone may 

underestimate the actual SO4
2- turnover (i.e. gross SO4

2- reduction) in marine sediments (Jørgensen, 
1978; Jørgensen et al., 2001).

5.4.1.2 SO4-AOM
Pore water profiles of SO4

2-, CH4, sulfide and DIC reveal a distinct SMTZ around 230 cm depth 
at both sites, where SO4-AOM with upward diffusing CH4 results in the concomitant removal of 
pore water SO4

2- and CH4 and in the accumulation of dissolved sulfide and DIC in the pore waters 
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Table 5.6 | Depth-integrated rates of key processes for selected depth intervals in μmol m-2 d-1.

Process 0 - 90 cm a 90 - 300 cm b 300 - 800 cm c 0 - 800 cm

Organoclastic SO4
2- reduction d 68.9 5.3 0.003 74.2

CH4 production e, f 10.21 37.7 91.8 139.8
SO4-AOM 9.4 151.6 1.2 162.2
Fe-AOM e 0 0 1.2 1.2
S0 disproportionation 0 0 0.9 0.9

a Marine deposits; b limnic sediments around the SMTZ with dissolved sulfi de; c non-sulfi dic limnic deposits; d per mol of SO4
2-; e per 

mol of CH4; f sum of CH4 production from organic matter and from DIC (i.e. CO2)

Fig. 5.8 | Pore water profi les of dissolved sulfi de, Fe2+ and HPO4
2-. (left ) Th e black dashed line represents the modeled 

sulfi de profi le without SO4-AOM, indicating that the latter signifi cantly enhances the downward sulfi dization. (middle 
and right) Black dashed lines denote the modeled Fe2+ and HPO4

2- profi les without ongoing Fe oxide reduction in the 
limnic deposits (i.e. no Fe-AOM). Note that concentrations of Fe2+ were multiplied 10 times in the model simulation 
without Fe oxide reduction to better visualize the potential release of Fe2+ through a cryptic S cycle (corresponding 
x axis at bottom). Dotted lines and roman numbers indicate the transitions between the lithological Unit I (modern 
coccolith ooze), Unit II (marine sapropel) and Unit III (limnic deposits). Th e grey bar represents the sulfate-methane 
transition zone (SMTZ) and the dashed horizontal line shows the current position of the downward migrating 
sulfi dization front (S-front).

of these sediments (Fig. 5.3). Th e depth of the SMTZ and the steep increase in CH4 to > 3 mM 
below the SMTZ found in this study are consistent with earlier observations in sediments of the 
western Black Sea (Henkel et al., 2012; Holmkvist et al., 2011b; Jørgensen et al., 2001, 2004; Knab et 
al., 2009; Leloup et al., 2007). Th e location of the SMTZ, however, has progressed downwards in the 
last ca. 9000 years, following the infl ow of SO4

2- – rich salt water into the Black Sea basin (Fig. 5.7) 
(see also Henkel et al., (2012)).

Calculated diff usive fl uxes of SO4
2- and CH4 to the SMTZ (~ 0.2 mmol SO4

2- m-2 d-1 and 0.08 
mmol CH4 m-2 d-1) and modelled areal rates of SO4-AOM (~ 0.16 mmol m-2 d-1) suggest that AOM 
accounts for ~ 40 to 70 % of the total SO4

2- reduction in these sediments, with the remaining ~ 
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30 to 60 % attributed to organoclastic SO4
2- reduction. Such a high contribution of AOM exceeds 

the range of previous estimates that included experimentally measured SRR close to the sediment 
surface (~ 7 to 18 %) (Jørgensen et al., 2001, 2004). Around the SMTZ, SO4-AOM is responsible for 
~ 97 % of the total SO4

2- reduction (Fig. 5.6 and Table 5.6), thus enhancing the downward diffusive 
flux of sulfide into the deep limnic deposits of Unit III. Our model suggests that without this 
additional source of sulfide through SO4-AOM, the sulfidization front would currently be located 
around 150 cm depth in the sediment (Fig. 5.8).

The consumption of upward diffusing CH4 by SO4
2- – driven AOM leads to a progressive 

enrichment of 13C and D in the residual CH4 above the SMTZ (Fig. 5.4) due to the preferential 
oxidation of isotopically light CH4 during SO4-AOM (Alperin et al., 1988; Martens et al., 1999; 
Whiticar, 1999). Interestingly, pore water CH4 above the SMTZ shows unusually high δD-CH4 

values that fall outside of the common range observed for pore water δD-CH4 (e.g. Whiticar et 
al., 1999). Future studies, however, are needed to resolve the cause of the strong D-enrichment of 
dissolved CH4 above the SMTZ in Black Sea sediments.

Modeled concentrations of CH4 indicate that the measurements above the sulfidization front 
at site 5 are likely less affected by outgassing during core recovery (Fig. 5.4) and can thus be used 
to derive kinetic isotope fractionation factors for carbon (εC) and hydrogen (εH) associated with 
SO4-AOM at the SMTZ using the Rayleigh distillation function (Crowe et al., 2011; Egger et al., 
2015b; Rayleigh, 1896; Whiticar, 1999). Corresponding estimates for εC of ~ 8 ‰ (R2 = 0.972) 
and εH of ~ 58 ‰ (R2 = 0.982) are at the lower end of previously documented values in marine 
and brackish-marine environments (8-38 ‰ for εC and 100-324 ‰ for εH) (Alperin et al., 1988; 
Egger et al., 2015b; Holler et al., 2009; Martens et al., 1999; Reeburgh, 2007). Note, however, that 
the Rayleigh distillation function only applies to closed systems (Rayleigh, 1896). These estimates 
should therefore be interpreted as an approximation, as more accurate estimates would require 
isotope modeling (e.g. Alperin et al., 1988).

At the base of the SMTZ, upward diffusing CH4 reveals an initial depletion in δ13C-CH4 (Fig. 
5.4). Such a shift to 13C-depleted CH4 together with a decrease in its concentration could indicate an 
enzyme-mediated equilibrium C isotope exchange during SO4-AOM at low SO4

2- concentrations (< 
0.5 mM) (Holler et al., 2012; Yoshinaga et al., 2014). The effect of such mechanisms on deuterated 
CH4 is likely limited.

5.4.1.3 Cryptic S cycling
Earlier studies showed evidence for ongoing SO4

2- reduction (< 1 nmol cm-3 d-1) within the SO4
2- – 

depleted (< 0.5 mM) limnic deposits below the SMTZ in sediments of the Black Sea (Holmkvist et 
al., 2011b; Knab et al., 2009; Leloup et al., 2007), Baltic Sea (Holmkvist et al., 2011a, 2014; Leloup 
et al., 2009) and Alaskan Beaufort Sea (Treude et al., 2014) likely driven by SO4

2- production from 
re-oxidation of dissolved sulfide with oxidized Fe minerals. In this mechanism, Fe oxides enhance 
the recycling of sulfide to SO4

2- in a cryptic S cycle (Holmkvist et al., 2011a; Treude et al., 2014) 
thereby fueling SO4

2- – driven AOM in Fe oxide-rich sediments. In this cryptic S cycle, dissolved 
sulfide is oxidized to zero-valent sulfur (S0), a key intermediate in AOM, which is subsequently 
disproportionated to SO4

2- and sulfide by associated Deltaproteobacteria (Holmkvist et al., 2011a; 
Milucka et al., 2012; Sivan et al., 2014; Treude et al., 2014). The additional SO4

2-, produced during S0 
disproportionation, may then be re-used by the methanotrophic archaea as an electron acceptor for 
SO4-AOM (Milucka et al., 2012).

Our model results suggest slow rates of ongoing SO4
2- reduction of < 0.2 nmol cm-3 d-1 (Fig. 5.6) 

within the limnic deposits below the SMTZ exposed to dissolved sulfide (Table 5.6), in line with 
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estimated SRR based on 35SO4
2- incubation experiments with Black Sea sediments from below the 

SMTZ of ~ 0.1-0.5 nmol cm-3 d-1 (Knab et al., 2009; Leloup et al., 2007). Below the sulfidization 
front, SRR show a distinct peak of ~ 5 pmol cm-3 d-1. Active SO4

2- reduction in these SO4
2- – depleted 

sediments requires deep SO4
2- formation to maintain low net rates of SO4

2- reduction. In the model, 
S0 disproportionation is the only potential source of pore water SO4

2- at depth (Table 5.3). Formation 
of S0, in turn, occurs exclusively by oxidation of dissolved sulfide during the reductive dissolution 
of Fe oxides, explaining the distinct S0 disproportionation peak of ~ 15 pmol cm-3 d-1 around the 
sulfidization front (Fig. 5.6). Thus, based on the model assumptions, we conclude that Fe oxides 
increase the transformation of sulfide to SO4

2- via formation and subsequent disproportionation of 
S0 in these sediments, as suggested previously (Holmkvist et al., 2011b; Knab et al., 2009; Leloup 
et al., 2007). Such recycling of SO4

2- stimulates slow rates of SO4-AOM in the sediments below 
the SMTZ, explaining the low background rates of SO4

2- reduction in the SO4
2- – depleted limnic 

deposits. These results support recent findings of indirect Fe stimulated SO4
2- driven AOM in 

laboratory experiments (Sivan et al., 2014), and highlight that Fe oxides could play a significant role 
as stimulators of AOM and S recycling in natural environments.

5.4.2 Fe reduction below the sulfidization front
Below the sulfidization front, Fe2+ starts to accumulate in the pore water (Fig. 5.3). Although 
previous studies have also reported an increase of dissolved Fe2+ around the depth where sulfide 
levels drop below the detection limit (Holmkvist et al., 2011b; Jørgensen et al., 2004; Knab et al., 
2009), the source of this pore water Fe2+ has remained unknown. One possible explanation could be 
that the elevated Fe2+ concentrations at depth represent remnant Fe2+ accumulated during the Black 
Sea “Lake” phase (Knab et al., 2009). In our model, Fe2+ shows a broad peak of ~ 300 μM until ~ 300 
cm depth in the sediment during the initial Lake phase, assuming organoclastic Fe reduction as the 
only Fe reduction pathway (data not shown). The removal of Fe2+ through authigenic formation of 
reduced Fe(II) minerals, however, prevents the accumulation of substantial amounts of Fe2+ in the 
pore water below ~ 300 cm sediment depth during the Lake phase (Fig. 5.8). We therefore conclude 
that the high concentrations of dissolved Fe2+ below the sulfidization front are most likely indicative 
of active Fe reduction in these sediments.

5.4.2.1 Fe reduction through cryptic S cycling
In theory, a cryptic S cycle, as described in section 5.4.1.3, could result in net accumulation of 
dissolved Fe2+ if the sulfide consumption from reaction with ferric Fe outweighs the production 
of sulfide from SO4

2- reduction. Modeled Fe2+ indeed shows a peak of < 100 μM directly below 
the sulfidization front, assuming no active Fe reduction in the limnic deposits (Fig. 5.8). Model 
simulations further indicate that, based on the reaction network used in this study (Table 
5.3), cryptic S cycling could result in a build up of pore water Fe2+ of ~ 300 μM at depth in the 
sediment provided there was no precipitation of reduced Fe(II) minerals (Appendix 5.D). However, 
concentrations of dissolved Fe2+ are too low compared to the measurements and confined to 
sediments between 300 – 400 cm depths only. The diagenetic model developed in this study 
therefore suggests that cryptic S cycling is unlikely to explain the high concentrations (~ 800 μM) of 
dissolved Fe2+ observed in the deep limnic deposits.

5.4.2.2 Organoclastic Fe reduction
In the model, the reduction of Fe oxides coupled to organic matter degradation only occurs 
with the easily reducible α phase in order to allow for the burial of the more crystalline β phase 
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at depth (Table 5.3). Since the α phase is efficiently reduced in the upper few centimeters during 
organoclastic Fe reduction, no easily reducible Fe oxides are being buried into the deep sediments 
in the diagenetic model. Organoclastic Fe reduction therefore does not occur within the modeled 
deep limnic deposits that exclusively contain more crystalline (β) and refractory (γ) Fe oxides (Fig. 
5.5). Instead, we assume that CH4 represents a plausible electron donor for the reduction of more 
crystalline Fe oxides in the organic-poor deep sediments with relatively refractory old organic 
matter (< 0.8 wt %). The exclusion of organoclastic Fe reduction at depth in the model provides an 
estimate of an upper constraint on the potential importance of Fe-AOM in Black Sea sediments. 
As a result of this assumption, however, the model results cannot be used to conclude whether 
Fe-AOM is more likely than organoclastic Fe reduction.

An increasing body of geochemical evidence and laboratory incubation experiments shows 
that Fe-AOM might be occurring in a variety of different aquatic environments (Amos et al., 2012; 
Beal et al., 2009; Crowe et al., 2011; Egger et al., 2015b; Riedinger et al., 2014; Scheller et al., 2016; 
Segarra et al., 2013; Sivan et al., 2011; Wankel et al., 2012). In addition, several studies have shown 
that Fe-reducing microorganisms are able to outcompete methanogens for common substrates (e.g. 
acetate and H2), thus reducing the concentrations of these common primary electron donors to 
levels that are too low for methanogens to grow (Achtnich et al., 1995; Lovley and Phillips, 1987; 
Lovley et al., 1989). These results, together with the observed capability of methanogens to switch 
from CH4 production to Fe reduction (Bodegom et al., 2004; Bond and Lovley, 2002; Liu et al., 2011; 
Reiche et al., 2008; Sivan et al., 2016; Vargas et al., 1998) led to the common conclusion that Fe 
oxides exert a suppressive effect on methanogenesis. Ongoing CH4 production in the Fe oxide-rich 
limnic deposits, as deduced from the isotopic composition of pore water CH4 (Fig. 5.4) could then 
indicate limited organoclastic Fe reduction in these sediments.

However, there is increasing evidence that (semi)conductive crystalline Fe oxides (e.g. 
hematite and magnetite) can, in fact, stimulate concurrent methanogenesis and organoclastic Fe 
reduction through direct interspecies electron transfer (DIET), by serving as electron conduits 
among syntrophic CH4-producing organisms at rates that are substantially higher than those 
for interspecies electron transfer by H2 (Cruz Viggi et al., 2014; Kato et al., 2012; Li et al., 2014; 
Zhou et al., 2014; Zhuang et al., 2015). The inhibitory effect of Fe reduction on methanogenesis 
thus appears to be lower for crystalline Fe oxides such as hematite and magnetite, which are 
less bioavailable to Fe-reducing organisms than poorly crystalline (amorphous) Fe oxides (e.g. 
ferrihydrite and lepidocrocite) (Lovley, 1991; Qu et al., 2004; Zhuang et al., 2015). These findings 
indicate that the crystallinity and conductivity of Fe oxides may play a key role in determining 
whether methanogenesis is stimulated or suppressed in Fe oxide-rich environments. In addition, 
the presence of methanogens that are able to rapidly switch between methanogenesis and reduction 
of Fe oxides could also result in a reactivation of less reactive Fe oxides that were not reduced 
during initial organoclastic Fe reduction in the deep methanogenic zone as suggested by Sivan et al. 
(2016). Thus, the deep limnic sediments may be characterized by a complex interplay of concurrent 
methanogenesis, Fe oxide reduction and methanotrophy, i.e. AOM.

5.4.2.3 Fe-AOM
Our model results indicate that Fe-AOM could also be a possible mechanism explaining the buildup 
of pore water Fe2+ below the sulfidization front. Previous studies have shown that in systems where 
production and oxidation of CH4 take place concurrently, methanogenesis might conceal the 
isotopic signature of AOM (Egger et al., 2015b; Seifert et al., 2006; Whiticar, 1999). Thus, unlike 
SO4-AOM, Fe-dependent AOM likely only has little effect on the isotopic composition of pore water 
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CH4 due to the removal of small amounts of CH4 in sediments with ongoing methanogenesis. This 
might explain why pore water CH4 does not show enrichment in both heavy isotopes below the 
sulfidization front as would be expected if Fe-AOM would occur, but rather indicates antipathetic 
changes, i.e. depletion in 13C-CH4 and enrichment in D-CH4, usually attributed to CH4 production 
from carbonate reduction (Chanton et al., 2005; Whiticar, 1999).

Model derived rates for Fe-AOM of ~ 0.04 pmol cm-3 d-1 (Fig. 5.6) are significantly lower than 
potential Fe-AOM rates of ~ 4 nmol cm-3 d-1 estimated from laboratory incubation studies (Egger 
et al., 2015b; Segarra et al., 2013; Sivan et al., 2011) with brackish and limnic sediment samples. 
This large deviation is likely due to an overestimation of Fe-AOM rates derived from stimulated 
microbial communities under laboratory conditions using freshly synthesized and thus easily 
bioavailable Fe oxides when compared to in-situ conditions.

In the upper 800 cm of sediment, Fe-AOM accounts for < 1 % of total CH4 oxidation, with 
the remaining > 99 % attributed to SO4-AOM (Table 5.6; see also Appendix 5.D). However, while 
high rates of SO4-AOM are mainly restricted to the SMTZ, Fe-AOM might occur over a deep 
methanogenic zone, reaching far down into the sediment. To accurately assess the contribution of 
Fe-AOM to the total CH4 consumption in Black Sea sediments, additional knowledge about the 
vertical expansion of the Fe oxide-rich limnic sediments deposited during the Blake Sea “Lake” 
phase would be required.

5.4.3 Impact of S-Fe-CH4 dynamics on sedimentary P diagenesis
Degradation of organic matter and the subsequent release of HPO4

2- to the pore water during 
early diagenesis typically results in a sink-switching from organic P to authigenic P-bearing phases 
such as Ca phosphates (Filippelli, 1997; Ruttenberg and Berner, 1993; Slomp et al., 1996b), Mn-Ca 
carbonates (Jilbert and Slomp, 2013; Mort et al., 2010; Suess, 1979) or reduced Fe phosphates 
(Burns, 1997; Jilbert and Slomp, 2013; Martens et al., 1978; März et al., 2008). Reductive dissolution 
of Fe oxides by dissolved sulfide and the following liberation of HPO4

2- may also contribute to the 
buildup of pore water HPO4

2- (Burns, 1997; Egger et al., 2015a; März et al., 2008; Schulz et al., 1994). 
Thus, the downward sulfidization ultimately results in the accumulation of dissolved HPO4

2- in the 
pore water as the sulfidization front moves downward into the limnic deposits (Fig. 5.7).

The pore water profile of HPO4
2- (Fig. 5.3) indicates the presence of a sink for HPO4

2- below 
the sulfidization front and, to a lesser extent, in the sulfidic sediments around the SMTZ, likely 
unrelated to Ca-P authigenesis (Fig. 5.5). Such a sink for HPO4

2- below sulfidic sediments has been 
observed previously (Burns, 1997; Egger et al., 2015a; März et al., 2008; Schulz et al., 1994; Slomp 
et al., 2013) and shown to be most likely the result of vivianite formation (Egger et al., 2015a; Hsu 
et al., 2014; März et al., 2008). Abundant dissolved Fe2+ and a peak in Fe-associated P below the 
sulfidization front observed in this study (Fig. 5.3 and Fig. 5.5) suggest that vivianite authigenesis 
might also be occurring in the limnic deposits below the sulfidzation front in Black Sea sediments.
 Assuming that vivianite formation represents the only sink for pore water HPO4

2- results in a 
good fit between the modeled and measured pore water profile of HPO4

2- below the sulfidization 
front (Fig. 5.3). Modeled vivianite formation accounts for up to 70 % of total Fe-associated P 
directly below the sulfidization front. However, the model underestimates the sharp peak in 
Fe-associated P directly below the sulfidization front, suggesting that modeled vivianite formation 
likely underestimates the actual contribution of vivianite in these sediments. In the limnic deposits 
not yet impacted by the downward sulfidization, modeled vivianite accounts for ~ 20 – 30 % of total 
Fe-associated P. From this, we estimate that vivianite may be responsible for > 20 % of total P burial 
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directly below the sulfidization front and for ~ 10 % of total P burial in the deep limnic deposits at 
depth.

Running the model without Fe-AOM and thus without Fe reduction at depth results in modeled 
pore water HPO4

2- concentrations of up to ~ 350 μM at depth in the sediment (Fig. 5.8). This 
suggests that Fe-AOM can promote conditions that allow sequestration of a significant proportion 
of P as vivianite in the limnic deposits below the sulfidization front. Consistent with earlier findings, 
Fe-AOM likely only accounts for a small fraction of total CH4 oxidation, but may substantially 
impact the biogeochemical cycling of sedimentary P (Egger et al., 2015a, 2015b; Rooze et al., 2016).

The deviation between the modeled and measured profiles of HPO4
2- and Fe-associated P in 

the upper 300 cm of sediment (Fig. 5.3 and Fig. 5.5) could indicate apatite authigenesis (Dijkstra 
et al., 2014) or the formation of vivianite in microenvironments as previously suggested for sulfidic 
sediments (Dijkstra et al., 2014; Jilbert and Slomp, 2013). For example, Deltaproteobacteria, known 
to be involved in SO4-AOM, have been shown to accumulate Fe- and P-rich inclusions in their cells 
(Milucka et al., 2012). They may therefore provide a potential explanation for the occurrence of 
Fe-associated P in sulfidic sediments (Dijkstra et al., 2014; Jilbert and Slomp, 2013). However, such 
microenvironments are not captured in our model.

In the diagenetic model, vivianite undergoes dissolution if sulfide is present in the pore waters 
(Table 5.3). Sulfide-induced vivianite dissolution significantly improved the model fit to the 
measured HPO4

2 and sulfide data. With the downward migration of dissolved sulfide, modeled 
vivianite becomes increasingly enriched below the sulfidization front (Fig. 5.7). Thus, similar 
to the sulfidization front, a downward diffusive vivianite front may exist in sedimentary systems 
experiencing downward sulfidzation.

In summary, the enhanced downward sulfidization driven by SO4-AOM leads to dissolution of 
Fe oxide-bound P in the lake deposits. Below the sulfidization front, downward diffusing HPO4

2- 
is bound again in authigenic vivianite due to high concentrations of dissolved Fe2+ at depth in the 
sediment generated by ongoing Fe oxide reduction. As a result, trends in total P with depth are 
significantly altered, showing an accumulation in total P below the sulfidization front unrelated to 
changes in organic matter deposition and enhanced sedimentary P burial during deposition.

5.5 Conclusions

In the Black Sea, the shift from a freshwater lake to a marine system and subsequent downward 
diffusion of marine SO4

2- into the CH4-bearing lake sediments results in a multitude of diagenetic 
reactions around the SMTZ (Fig. 5.9). The diagenetic model developed in this study shows that 
SO4-AOM within the SMTZ significantly enhances the downward diffusive flux of sulfide into the 
deep limnic deposits, forming a distinct diagenetic sulfidization front around 300 cm depth in the 
sediment. Our results indicate that without this additional source of dissolved sulfide in the SMTZ, 
the current sulfidization front would be located around a depth of 150 cm. During the downward 
sulfidization, Fe oxides, Fe carbonates and vivianite are converted to Fe sulfide phases, leading to an 
enrichment in solid phase S contents and the release of HPO4

2- to the pore water. Our results further 
support the hypothesis that part of the downward migrating sulfide is re-oxidized to SO4

2- upon 
reaction with ferric Fe minerals, fueling a cryptic S cycle and thus stimulating slow rates (~ 1-100 
pmol cm-3 d-1) of SO4-AOM in the SO4

2- – depleted limnic deposits below the SMTZ (Holmkvist et 
al., 2011a, 2011b; Knab et al., 2009; Leloup et al., 2007).
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 We propose that besides organoclastic Fe oxide reduction and reactivation of less reactive 
Fe oxides by methanogens, AOM coupled to the reduction of Fe oxides may also be a possible 
mechanism explaining the high concentrations of Fe2+ in the pore water below the sulfi dization front. 
Th e buildup of dissolved Fe2+ at depth creates conditions that allow sequestration of the downward 
diff using HPO4

2- as authigenic vivianite, resulting in an accumulation of total P in these sediments.
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Fig. 5.9 | Schematic of the main diagenetic processes discussed in this study and their imprint on the geochemical 
solid phase (left ) and pore water profi les (right). Accumulation of marine sediments with time and the subsequent 
downward diff usion of SO4

2- into the CH4-bearing limnic sediment stimulate SO4-AOM around the sulfate-methane 
transition zone (SMTZ), thus enhancing the downward sulfi dization of the Fe oxide-rich lake deposits. Below the 
sulfi dization front (S-front), HPO4

2- released during reductive dissolution of Fe oxides is bound again in vivianite, 
leading to an enrichment in sedimentary P in these sediments. Numbers on the right indicate the key reactions 
occurring in the corresponding sediment layers as described in Table 5.3. Note that in this study, Fe-AOM (R20) was 
assumed as the main source of pore water Fe2+ below the S-front to further test the potential impact of Fe-AOM on 
pore water CH4. However, based on the geochemical data, we cannot exclude a potential role for organoclastic Fe 
reduction (R3) and/or reactivation of less reactive Fe oxides by methanogens.
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The diagenetic processes described here reveal that AOM may strongly overprint burial records 
of Fe, S and P in depositional marine systems subject to changes in organic matter loading or water 
column salinity such as coastal environments (Egger et al., 2015a; Rooze et al., 2016), deep-sea fan 
sediments (März et al., 2008; Schulz et al., 1994) and many high-latitude seas (Holmkvist et al., 
2014; Treude et al., 2014). Interpreting these diagenetic patterns as primary sedimentary signals 
may lead to incorrect reconstructions of environmental conditions during sediment deposition.
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Appendix 5.A: Multicomponent model formulation

Molecular diffusion coefficients Dm (cm2 yr-1) were corrected for tortuosity (θ) in the porous 
medium according to Boudreau (1996):

To account for sediment compaction, a depth-dependent porosity (ϕ) was described by

where x is the distance from the sediment-water interface (cm), ϕ∞ the porosity at depth in the 
sediment, ϕ0 the porosity at the sediment surface, and γ the porosity attenuation factor (see Table 
A5.1 and Fig. A5.1). The advective velocity of solids at depth v∞ was described by

where Fsed denotes the sediment accumulation rate (g cm-2 yr-1) and ρ the sediment density (g cm-3) 
(Meysman et al., 2005). 

Appendix 5.B: Environmental model parameters

Table A5.1 | Environmental parameters used by the diagenetic model.

Parameter Symbol Value Units

Porosity at surface ϕ0 0.97 -
Porosity at depth ϕ∞ 0.61 -
Porosity e-folding distance γ 95 cm
Sediment density ρ 2.31 g cm-3
Temperature T 1 oC

Bottom water Cl- concentration * [Cl-]0

salinity
1.80655 * MCl- * ρsw

mol cm-3

Bottom water SO4
2- concentration * [SO4

2-]0

0.14 * salinity
1.80655 * MSO42- * ρsw

mol cm-3

C:N ratio of organic matter C/N 6.625 -
C:P ratio of organic matter C/P 106 -
C:P ratio of organic matter under anoxia C/Panoxic 424 -
P:Fe ratio for Fe(OH)3α χα 0.1 -
P:Fe ratio for Fe(OH)3β χβ 0.055 -
P:Fe ratio for Fe(OH)3γ χγ 0.03 -

D' = 
Dm

1 - lnϕ2

ϕ(x) = ϕ∞ + (ϕ0 - ϕ∞ )e
x
γ-

v∞ = 
Fsed

ρ(1 - ϕ∞ )

* MCl- and MSO42- denote the molecular weights of Cl- and SO4
2-; ρsw is the seawater density calculated for the in-situ salinity, 

temperature and pressure. 
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Appendix 5.C: Sediment porosity

Fig. A5.1 | Porosity measurements (black diamonds) and modeled porosity profile (black line) at site 4. 
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Appendix 5.D: Sensitivity analysis results (pore water)

Fig. A5.2 | Sensitiviy of modeled pore water profiles to changes in key parameters (see Tables 5.4 and 5.5 for 
reaction equations and k values). The solid black lines represent the standard model run. (a) ± 50 % change in the 
rate constant for Fe-AOM (k15) and SO4-AOM (k14). Note that the relative contribution of Fe-AOM to total AOM 
(i.e. sum of Fe-AOM and SO4-AOM) varies between 0.4 and 0.9 % for the parameter range considered here. (b) ± 
50 % change in vivianite (k18) and Fe carbonate (k19) formation rate constants. (c) 10 fold and 100 fold increase in S0 
disproportionation rate constant (k12) and its effect on pore water profiles with and without sinks for dissolved Fe2+ 
(i.e. Fe(II) mineral formation). (d) ± 50 % change in decay constants for OMα (kα) and OMβ (kβ). In general, modeled 
profiles of sulfide, Fe2+ and HPO4

2- show the highest sensitivity to the parameterization used. 
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Appendix 5.E: Sensitivity analysis results (solid phase)

Fig. A5.3 | Sensitiviy of modeled solid phase profiles to changes in key parameters (see Tables 5.4 and 5.5 for reaction 
equations and k values). The solid black lines represent the standard model run. (a) ± 50 % change in the rate constant 
for Fe-AOM (k15) and SO4-AOM (k14). (b) ± 50 % change in vivianite (k18) and Fe carbonate (k19) formation rate 
constants. (c) 10 fold and 100 fold increase in S0 disproportionation rate constant (k12) and its effect on solid phase 
profiles with and without sinks for dissolved Fe2+ (i.e. Fe(II) mineral formation). (d) ± 50 % change in decay constants 
for OMα (kα) and OMβ (kβ). Note that the solid phase results are not very sensitivity to the parameterization used. 
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Appendix 5.F: Additional solid phase profi les

Fig. A5.4 | Solid phase profi les of total sedimentary Mn and Fe extraction results for site 4 (black diamonds) and 
5 (grey diamonds). See Table 5.1 for a description of the diff erent Fe phases. Note that Fecarb is not corrected for 
dissolution of AVS during the Na acetate extraction step. Fe(III)CDB for site 5 represents the amount of Fe extracted 
during the CDB-step of the SEDEX P extraction. Dotted lines and roman numbers indicate the transitions between 
the lithological Unit I (modern coccolith ooze), Unit II (marine sapropel) and Unit III (limnic deposits). Th e grey 
bar represents the sulfate-methane transition zone (SMTZ) and the dashed line shows the current position of the 
downward migrating sulfi dization front (S-front).

0 5 10 15 20

80
0

60
0

40
0

20
0

0

Mntot [μmol g−1]

D
ep

th
 [c

m
]

I
II

III

S − front

SMTZ

0 50 100 150 200

80
0

60
0

40
0

20
0

0

Fecarb [μmol g−1]
0 20 40 60 80 100

80
0

60
0

40
0

20
0

0

Feox1 [μmol g−1]
0 20 40 60 80 100

80
0

60
0

40
0

20
0

0

Feox2 [μmol g−1]

0 5 10 15 20

80
0

60
0

40
0

20
0

0

Femag [μmol g−1]

D
ep

th
 [c

m
]

I
II

III

0 50 100 150 200

80
0

60
0

40
0

20
0

0

Fe(II)HCl [μmol g−1]
0 20 40 60 80 100

80
0

60
0

40
0

20
0

0

Fe(III)HCl [μmol g−1]
0 20 40 60 80 100

80
0

60
0

40
0

20
0

0

Fe(III)CDB [μmol g−1]

Site 4
Site 5



122

CH
A

PTER 5

Appendix 5.G: Long pore water profi les

Fig. A5.5 | Pore water profi les (whole model domain, i.e. 3000 cm) for site 4 (black diamonds) and 5 (grey diamonds). 
Solid black lines represent profi les derived from the diagenetic model. Dotted lines indicate the transitions between 
the lithological Unit I (modern coccolith ooze), Unit II (marine sapropel) and Unit III (limnic deposits). Th e grey 
bar represents the sulfate-methane transition zone and the dashed horizontal line shows the current position of 
the downward migrating sulfi dization front. Th e dashed vertical line indicates the CH4 saturation concentration 
at atmospheric pressure (MogollÓn et al., 2013). Th e open diamonds indicate CH4 concentrations that are likely 
underestimated due to outgassing of CH4 during coring.
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Appendix 5.H: Mass balances

Table A5.2 | Mass balances for chemical species included in the diagenetic model (based on Tables 5.2 and 5.3).

∂OMα

∂t
= -v 

∂OMα

∂x
- R1α - R2α - R3α - R4α - R5α 

∂OMβ

∂t
= -v 

∂OMβ

∂x
- R1β - R2β - R3β - R4β - R5β 

∂OMγ

∂t
= -v 

∂OMγ

∂x
 

∂Fe(OH)3
α

∂t
= -v - 4R3α,β + 4rR8 - 2R13 - 8R20α - R21

∂Fe(OH)3
α

∂x

∂Fe(OH)3
β

∂t
= -v - 2R14 - 8R20β + R21 - R22 

∂Fe(OH)3
β
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∂Fe(OH)3
γ

∂t
= -v  + R22 

∂Fe(OH)3
γ

∂x

∂FeS
∂t

= -v - R9 + rR15 - R16 - R18 + R25 + 3R26 
∂FeS

∂x

∂FeS2

∂t
= -v - 2R10 + R16 + R18 

∂FeS2

∂x

∂FeCO3

∂t
= -v + rR24 - R25 

∂FeCO3

∂x

∂S0

∂t
= -v + R13 + R14 -4R17 - R18 

∂S0

∂x

∂FeoxP
∂t

= -v χα(4R3α,β - 4rR8 + 2R13 + 8R20α) - χβ(2R14 + 8R20β) - (χα - χβ)R21 - (χβ - χγ)R22 
∂FeoxP
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∂Fe3(PO4)2

∂t
= -v + rR23 - R26 

∂Fe3(PO4)2
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∂t
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- qR1α,β - 2R7 - R8 -2qR9 - 7qR10 - 2R11 - 2R12 

∂SO4
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∂x
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 -u 

∂Fe2+    
∂x

+ 4qR3α,β - 4R8 + qR9 + 2qR10 + 2q(R13 + R14) - R15 +8qR20α,β - 3R23 - R24 
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∂H2S
∂t

= D' 
∂2H2S

∂x2
 -u 

∂H2S
    

∂x
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 + 
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∂2CH4
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∂x
qR5α,β + R6 - R12 -R19 -qR20α,β 1

2
 + 

∂NH4
+

∂t
= D' 

∂2NH4
+

∂x2
 -u 

∂NH4
+   

∂x
q(R1α,β + R2α,β +R3α,β +R4α,β +R5α,β) - R7 

16
106

 + 

∂NO3
-

∂t
= D' 

∂2NO3
-

∂x2
 -u 

∂NO3
-   

∂x
qR2α,β + R7 

4
5

 - 

∂HPO4
2-

∂t
= D' 

∂2HPO4
2-

∂x2
 - u 

∂HPO4
2-   

∂x
q(R1α,β +R2α,β +R3α,β +R4α,β +R5α,β) + χα(4qR3α,β - 4R8 + 2qR13 + 8qR20α) - 

16
106

+ χβ(2qR14 + 8qR20β) + q(χα - χβ)R21 + q(χβ - χγ)R22 - 2R23 + 2qR26 

∂DIC
∂t

= D' 
∂2DIC

∂x2
 - u 

∂DIC  
∂x

+ q(R1α,β +R2α,β +R3α,β +R4α,β +R5α,β) + 
1
2

qR5α,β - R6 + R12 + R19 + qR20α,β - R24 + qR25 

q = (1 - ϕ)/ϕ and r = ϕ/(1-ϕ) are used for unit conversion between solids and solutes

Appendix 5.I: Time-dependent boundary conditions

Table A5.3 | Time-dependent boundary conditions at the sediment surface

Parameter t > 9000 yrs B.P. 9000 > t > 7600 yrs B.P t < 7600 yrs B.P.

J(FeCO3) 3.81 1.14 1.14
J(S0) 0 0 0
J(CaP) 0.18 0.18 0.18
J(DetrP) 0.32 0.095 0.095
[O2] 0.18 0.18 0
[Fe2+] 0 0 0
[∑H2S] 0 0 0.08
[CH4] 0 0 0
[∑NH4

+] 0 0 0
[NO3

-] 0 0 0
[HPO4

2-] 0 0 0
[DIC] 3 3 3

Fluxes have units of mmol m-2 yr-1 and concentrations are in mmol L-1; yrs B.P. = years before present
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Appendix 5.J: Impact of lower model boundary condition

Fig. A5.6 | Th e infl uence of a zero gradient boundary condition at the base of the model domain on the pore water 
profi le of chloride (Cl-) is dependent on the modeled sediment depth. (a) Due to the transient diagenesis, a zero 
gradient is not reached within the depth range of the available data, i.e. the upper 800 cm. (b) A model length of 3000 
cm results in a good fi t of the modeled Cl- profi le with the measured pore water concentrations. Expanding the model 
domain to 4000 cm (c) largely increases the modeling time, with no signifi cant improvement of the model fi t. Th us, a 
depth range of 3000 cm was chosen in this study. 

Appendix 5.K: Long solid phase profi les

Fig. A5.7 | Solid phase profi les (whole model domain, i.e. 3000 cm) for site 4 (black diamonds) and 5 (grey diamonds). 
Fecarb was corrected for apparent AVS dissolution during the Na acetate extraction step (the uncorrected Fecarb data is 
given in Fig. A5.4). Solid black lines represent profi les derived from the diagenetic model.
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Chapter 6:

Iron oxide reduction in deep Baltic Sea 
sediments: the potential role of anaerobic 

oxidation of methane
With Hagens, M., Sapart, C. J., Dijkstra, N., van Helmond, N. A. G. M., Mogollón, J. M., 

Risgaard-Petersen, N., van der Veen, C., Kasten, S., Riedinger, N., Böttcher, M. E., 
Röckmann, T, Jørgensen, B. B. and Slomp, C. P.

Abstract

Methane is a powerful greenhouse gas and its emission from marine sediments to the atmosphere is 
largely controlled by anaerobic oxidation of methane (AOM). Traditionally, sulfate is considered to 
be the most important electron acceptor for AOM in marine sediments. Recent evidence suggests, 
however, that AOM may also be coupled to the reduction of iron (Fe) oxides. In the Baltic Sea, 
the transition from the Ancylus freshwater phase to the Littorina brackish/marine phase (A/L-
transition) at ~ 8 kyr BP, resulted in the accumulation of organic-rich brackish/marine sediments 
overlying organic-poor limnic deposits rich in Fe oxides. Methane produced in the organic-rich 
layer diffuses into the lake sediments, thus allowing for the possible coupling between Fe oxide 
reduction and methane oxidation.

Here, we combine detailed geochemical analyses of the sediment and pore water retrieved 
from three sites (M0065, M0063 and M0059) that were drilled during the IODP Baltic Sea 
Paleoenvironment Expedition 347 with multicomponent diagenetic modeling to study the 
possible role of Fe-mediated AOM as a mechanism for the apparent Fe oxide reduction in the 
methane-bearing lake deposits below the A/L transition. Our results reveal a complex interplay 
between production, oxidation and transport of methane showing that besides organoclastic Fe 
reduction, oxidation of downward migrating methane with Fe oxides may also explain the elevated 
concentrations of dissolved ferrous Fe in deep Baltic Sea sediments. Our findings imply that the 
transition of a lake toward a marine system could reactivate deeply buried, mostly crystalline Fe 
oxides in lake deposits depleted in organic matter through reactions with downward diffusing 
methane from the organic-rich marine sediments. We propose that a potential coupling between 
Fe oxide reduction and methane oxidation likely affects deep Fe cycling and related biogeochemical 
processes, such as burial of phosphorus, in systems subject to changes in bottom water salinity.
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6.1 Introduction

Methane (CH4) is a powerful greenhouse gas in the Earth’s atmosphere, generating 28-34 times 
more radiative forcing than carbon dioxide (CO2) on a centennial time scale (Myhre et al., 2013). A 
major part of the CH4 on Earth is produced in marine sediments by methanogenesis, which is the 
final step in the gradual fermentation of organic matter deposited on the seafloor. Despite high rates 
of CH4 production in continental shelf and slope environments, the ocean today contributes only 
little CH4 to the global atmospheric budget. The small CH4 efflux from the ocean to the atmosphere 
is largely due to the effective biological removal of pore water CH4 through anaerobic oxidation with 
sulfate (SO4

2-) in marine sediments (Knittel and Boetius, 2009; Reeburgh, 2007):

CH4 + SO4
2- → HS- + HCO3

- + H2O                    (I)

 This reaction is most likely performed by syntrophic consortia of methanotrophic archaea 
and SO4

2- reducing bacteria (Boetius et al., 2000; Hoehler et al., 1994; Knittel and Boetius, 2009; 
Reeburgh, 2007) and may involve various possible cooperative metabolic strategies (Hoehler et 
al., 1994; McGlynn et al., 2015; Meyerdierks et al., 2010; Milucka et al., 2012; Moran et al., 2008; 
Scheller et al., 2016; Wegener et al., 2015). However, despite its global importance, the relevant 
pathways and the factors that control the rates of anaerobic oxidation of CH4 coupled to SO4

2- 
reduction (SO4-AOM) remain enigmatic.

One type of anaerobic CH4 oxidizing archaea known as ANME-2 has recently been shown to 
grow nonsyntrophically using soluble ferric Fe (Fe3+) complexes as the electron acceptors (Scheller 
et al., 2016). The large multi-haem cytochromes (proteins mediating electron transport) in the 
genomes of ANME-2 archaea indicate that these organisms should also be able to respire solid Fe 
oxides through extracellular electron transfer involving conductive cytochromes and/or so-called 
pili appendages. This is in accordance with recent geochemical evidence for Fe-mediated AOM 
(Fe-AOM) from field studies in a variety of aquatic environments (Amos et al., 2012; Beal et al., 
2009; Crowe et al., 2011; Egger et al., 2015b, 2016; Riedinger et al., 2014; Segarra et al., 2013; Sivan et 
al., 2011; Wankel et al., 2012), where the following reaction is proposed (Beal et al., 2009):

CH4 + 8Fe(OH)3 + 15H+ → HCO3
- + 8Fe2+ + 21H2O                    (II)

 Recent work further revealed that Fe oxides may stimulate SO4-AOM (Sivan et al., 2014). In 
this mechanism, Fe oxides enhance the recycling of sulfide to SO4

2- in a cryptic sulfur (S) cycle, 
where dissolved sulfide is oxidized to elemental sulfur (S0). Subsequent disproportionation of S0 to 
SO4

2- and sulfide then fuels SO4
2-– driven AOM by providing additional pore water SO4

2- (Egger et 
al., 2016; Holmkvist et al., 2011a; Milucka et al., 2012; Sivan et al., 2014; Treude et al., 2014). In 
addition, the presence of methanogens that are able to rapidly switch between methanogenesis and 
reduction of Fe oxides could result in the reduction of less reactive Fe oxides that were not reduced 
during initial Fe reduction (Bodegom et al., 2004; Bond and Lovley, 2002; Liu et al., 2011; Reiche 
et al., 2008; Sivan et al., 2016; Vargas et al., 1998). The apparent coupling between CH4 oxidation 
and Fe reduction previously observed could thus also be, at least partly, the result of indirect Fe 
stimulated SO4-AOM and/or organoclastic Fe oxide reduction by methanogens.

Regardless of the underlying mechanisms, such an Fe-associated pathway for CH4 oxidation is 
of general interest not only because of the strong global warming potential of CH4 in the Earth’s 
atmosphere, but also because of the potential impacts on the marine Fe, S and phosphorus (P) 
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cycles (Egger et al., 2015a; Hsu et al., 2014; März et al., 2008; Rooze et al., 2016; Slomp et al., 2013), 
and the diagenetic superimposition of paleo-geochemical signals (Egger et al., 2016; Jørgensen et 
al., 2004; Neretin et al., 2004). Environmental conditions that favor Fe-AOM in marine systems are 
still poorly understood. The required co-occurrence of pore water CH4 and abundant reducible Fe 
oxides suggests that sediments receiving a relatively high input of Fe oxides compared to the in-situ 
production of sulfide may facilitate Fe-AOM. Rapid sediment accumulation could further reduce 
the exposure time of Fe oxides to dissolved sulfide, thus allowing a portion of the Fe oxides to escape 
the conversion to authigenic Fe sulfides and to remain preserved in the methanogenic sediments 
below the zone of SO4

2- reduction and even below the zone of free sulfide (Egger et al., 2015b; 
Riedinger et al., 2014; Rooze et al., 2016; Slomp et al., 2013). In addition, perturbations inducing 
transient diagenesis such as anthropogenic eutrophication, climate change and in particular post-
glacial sea-level rise may also result in the burial of Fe oxide-rich deposits below sulfidic sediment 
layers (Boesen and Postma, 1988; Böttcher and Lepland, 2000; Egger et al., 2015b, 2016; Jørgensen et 
al., 2004; Middelburg, 1991; Neretin et al., 2004; Riedinger et al., 2014; Rooze et al., 2016).

The Baltic Sea represents one of the world’s largest brackish water bodies and is a dynamic 
ecosystem that has undergone many environmental changes since the last deglaciation of 
Scandinavia started 17-15 kyr before present (BP) (Andrén et al., 2000; Björck, 1995). One of 
the most pronounced transitions during the Holocene history of the Baltic Sea is the shift from 
the freshwater Ancylus Lake to the Littorina brackish/marine phase (A/L transition) 9-7 kyr BP 
(Sohlenius et al., 2001; Zillén et al., 2008). The resulting brackish/marine conditions led to the 
sedimentation of organic-rich sediments on top of organic-poor clay deposits, thereby driving a net 
downward diffusion of dissolved CH4 into the Fe oxide-rich limnic deposits (Holmkvist et al., 2011a, 
2014; Mogollón et al., 2012). The shift from a freshwater lake to a brackish/marine environment 
during the Holocene and its associated transitional diagenetic state therefore make the Baltic Sea a 
suitable system to study the fate of sedimentary CH4 in Fe oxide-rich and SO4

2- – depleted systems.
The limnic clay, containing small amounts of SO4

2- as a remnant of the seawater solutes that 
diffused into the freshwater deposits during the early A/L transgression, has been shown to act as 
an active sink for the CH4 produced in the Littorina sediments through SO4-AOM (Holmkvist et al., 
2014; Mogollón et al., 2012). If occurring, Fe-AOM could represent an additional, yet unrecognized, 
sink for CH4 and a possible mechanism for the elevated pore water concentrations of ferrous iron 
(Fe2+) previously reported in the Baltic Sea freshwater deposits (Holmkvist et al., 2011a, 2014).
In this study, we discuss possible mechanisms responsible for the apparent Fe reduction in 
the limnic sediments below the A/L transition with a main focus on the potential role of AOM, 
using geochemical analyses and multicomponent diagenetic modeling of sediment cores obtained 
during the Integrated Ocean Discovery Program (IODP) Baltic Sea Paleoenvironment Expedition 
347. Our results reveal a complex interplay between CH4 production, oxidation and transport of 
CH4 and indicate that at least part of the CH4 generated in the brackish/marine deposits could be 
consumed by Fe-AOM within the underlying limnic clay, thus providing a possible explanation for 
the observed release of dissolved Fe2+ at depth.

6.2 Study sites and methods

6.2.1 Site description
Sediment cores from three different sites, M0065 (Bornholm Basin; 55° 28.09’ N, 15° 28.63’ E), 
M0063 (Landsort Deep; 58° 37.34’ N, 18° 15.25’ E) and M0059 (Little Belt; 55°0.29’ N, 10°6.49’ E), 
were collected during IODP Expedition 347 onboard Greatship Manisha in 2013 (Fig. 6.1).
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Fig. 6.1 | Location of Baltic Sea study sites. Coring sites M0065 (Bornholm Basin; 87 m water depth), M0063 (Landsort 
Deep; 451 m water depth) and M0059 (Little Belt; 37 m water depth) of the IODP Baltic Sea Paleoenvironment 
Expedition 347 are indicated by grey points (map provided by Erik Smedberg, Stockholm University).

 Because of potential mustard gas contamination, the upper ca. 3 m of sediment at site M0065 
was not sampled. Changes in the abundance and diversity of diatoms and benthic foraminifera 
suggest the A/L-transition to be located at sediment depths of ~ 8 m at site M0065, ~ 27 m at site 
M0063 and ~ 48 m at site M0059 (Andrén et al., 2015). At site M0063, sediments deposited around 
~ 50 m depth coincide with the partly brackish Yoldia Sea phase (Andrén et al., 2015), which 
formed after the final drainage of the Baltic Ice Lake (ca. 11.6 – 10.7 kyr BP) and which preceded 
the freshwater Ancylus Lake phase (ca. 10.7 – 10.0 kyr BP) (Zillén et al., 2008). For sites M0065 
and M0059, the mid-composite depth (mcd) scales were used to compare sediment samples from 
different holes, whereas data for site M0063 is presented in meters below seafloor (mbsf), since a 
stratigraphic correlation was not successful for the latter (Andrén et al., 2015).

6.2.2 Pore water analysis
Pore water was extracted immediately on recovery, using either rhizon samplers or squeezers, and 
was sub-sampled under nitrogen for total sulfide, major cations and trace elements, alkalinity, 
ammonium (NH4

+), dissolved inorganic carbon (DIC), stable water isotopes and for anions 
according to IODP standard procedures (Andrén et al., 2015). A 5 cm3 sediment sample was 
collected onboard with a cut-off disposable syringe from the freshly exposed end of every 1.5 
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m long core section and analyzed for pore water CH4 following standard IODP protocols for 
headspace sampling and analysis. δ13C-CH4 and δD-CH4 (D, deuterium) were analyzed by a 
Continuous Flow Isotope Ratio Mass Spectrometry (CF-IRMS) system at the Institute for Marine 
and Atmospheric Research Utrecht (IMAU) (Brass and Röckmann, 2010; Egger et al., 2015b; 
Sapart et al., 2011). Additional CH4 samples from sites M0059 and M0065 were analyzed for 
δ13C-CH4 at Aarhus University on a Gasbench II (Thermo Fisher Scientific, Bremen, Germany) 
coupled to a DELTA V plus IRMS (Thermo Fisher Scientific, Bremen, Germany), via Trace Gas 
Pre-Concentrator (PreCon; Thermo Fisher Scientific, Bremen, Germany) according to Rice et al. 
(2001), and calibrated against an internal CH4 standard having a delta value of -39.41 ‰ against 
VPDB (Vienna Pee Dee Belemnite). Samples from site M0063 (hole E) were also analysed for δ13C-
CH4 at the Alfred Wegener Institute in Bremerhaven on a Delta Plus XP (Thermo Fisher Scientific, 
Bremen, Germany) via Pre-Concentrator (PreCon; Thermo Fisher Scientific, Bremen, Germany) 
and calibrated against standards T-IS03, L-IS01 and B-IS01 (Isometric Instruments).

DIC samples were poisoned with saturated HgCl2 and subsequently analyzed using an AS-C3 
analyzer (Apollo SciTech), consisting of an acidification and purging unit in combination with a 
LICOR-7000 CO2/H2O Gas Analyzer. Stable carbon isotope composition of DIC at site M0063 was 
determined on a Gasbench II (Thermo Fisher Scientific, Bremen, Germany) coupled to a DELTA V 
plus IRMS (Thermo Fisher Scientific, Bremen, Germany), according to Torres et al. (2005). The DIC 
carbon isotope composition is reported in delta notation relative to VPDB, on a scale normalized 
by assigning consensus values of – 46.6 ‰ to the reference material L-SVEC lithium carbonate and 
+ 1.95 ‰ to the reference material NBS-19 calcium carbonate (Coplen et al., 2006). Both materials 
were used as internal standards during the analysis. Samples from sites M0059 and M0065 were 
analyzed for δ13C-DIC on a GasBench-II coupled to a Delta-V Mass Spectrometer (Thermo-
Finnigan) at Utrecht University.

Stable hydrogen isotope measurements (D/H) on pore water samples stored after onboard 
sampling in glass vials were conducted by means of cavity ring-down spectroscopy (CRDS) (Picarro 
L2140-i) at Leibniz IOW, with a reproducibility of > 0.4 %.

6.2.3 Bulk sediment analysis
Sediment samples retrieved during the onshore sampling campaign (Andrén et al., 2015) were 
freeze dried, powdered and ground in an agate mortar inside an argon-filled glove box. An aliquot 
of ~ 125 mg of freeze-dried sediment was dissolved overnight in 2.5 mL HF (40 %) and 2.5 mL of 
HClO4/HNO3 mixture, in a closed Teflon bomb at 90 °C. The acids were then evaporated at 140 °C 
(not to complete dryness) and the resulting gel was dissolved overnight in 1 M HNO3 at 90 °C. Total 
elemental concentrations in the 1 M HNO3 solutions were determined by ICP-OES (PerkinElmer 
Optima 3000 inductively coupled plasma-optical emission spectroscopy). Total organic carbon 
(TOC) was analyzed by the IODP onshore science party using a LECO CS-300 carbon-sulfur 
analyzer. Additional samples were analyzed at Utrecht University using an elemental analyzer (Fison 
Instruments model NA 1500 NCS) after carbonate removal from the sediment with two washes 
with 1 M HCl (4 h and 12 h) followed by two washes with milliQ water and subsequent drying of 
the samples (Van Santvoort et al., 2002).

Anoxic sediment samples were collected onboard immediately upon core retrieval to investigate 
the redox-sensitive solid-phase partitioning of Fe. A 50 mg aliquot of freeze-dried (under vacuum) 
anoxic sediment was subjected to a sequential extraction procedure for Fe after Poulton and 
Canfield (2005). Sediment Fe was fractionated into carbonate associated Fe (Fecarb; including siderite 
and ankerite), easily reducible (amorphous) oxides (Feox1; including ferrihydrite and lepidocrocite) 
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and reducible (crystalline) oxides (Feox2; including goethite, hematite and akagenéite). Another 0.5 g 
aliquot of freeze-dried anoxic sediment was used to sequentially determine the amount of FeS (acid 
volatile sulfur, AVS) and FeS2 (chromium reducible sulfur, CRS) via the diffusion-based approach 
described by Burton et al. (2008).

6.2.4 Diagenetic modeling
6.2.4.1 General description
A previously developed 1-dimensional reactive transport model (Reed et al., 2011a, 2011b) was 
extended for site M0063 to investigate the potential for Fe-AOM as a source of pore water Fe2+ in 
the deep Baltic Sea sediments. The model describes the temporal evolution of 22 species (Table 6.1) 
via a set of mass conservation equations, which include physical transport as well as biogeochemical 
transformations. Their generic form for solids and solutes is, respectively,

       (III)

      (IV)

where Cs is the concentration of the solid species (mol cm-3; mass per unit volume of solids), Caq  
is the concentration of the solute (mol cm-3; mass per unit volume of pore water), t is time (yr), 
ϕ is sediment porosity, x is distance from the sediment-water interface (cm), Dʹ is the respective 
molecular diffusion coefficient in the sediment (Dm; cm2 yr-1) at in situ conditions and corrected for 
tortuosity (θ2; Appendix 6.A; (Boudreau, 1996)), v and u are the advective velocities (cm yr-1) of the 
solid phase and pore water, respectively, and ∑Rs and ∑Raq are the net reaction rates (mol cm-3 yr-1) 
per volume of solids and pore water, respectively. Porosity and advective velocities were described 
by depth-dependent functions assuming steady-state sediment compaction (Appendix 6.A and 6.B; 
(Boudreau, 1997; Meysman et al., 2005)).

Biogeochemical reactions implemented in the model and their corresponding rate laws are 
given in Table 6.2 and Table 6.3, respectively. Corresponding reaction parameters were taken from 
literature. Where parameters were not available or no fit to the data could be obtained with existing 
parameter ranges they were constrained using the model (Table 6.4). Both Fe oxides and organic 
matter are divided into highly reactive (α), less reactive (β) and inert (γ) phases. The β phase of the 
Fe oxides is assumed to be less reactive towards dissolved sulfide than the α phase and, in contrast 
to the α phase, cannot be used by organoclastic Fe reduction (Egger et al., 2016; Rooze et al., 
2016). The latter assumption was made to test whether Fe-AOM alone could explain the apparent 
Fe reduction at depth. The model includes authigenic formation of Fe sulphides, Fe carbonates 
(siderite; FeCO3) and vivianite (Fe3(PO4)2) to account for sinks of pore water Fe2+, assuming second-
order kinetics (Egger et al., 2016; Rooze et al., 2016), as well as linear adsorption of NH4

+ (Soetaert 
and Herman, 2009).
 The model code was written in R (version 3.2.4) using the marelac	package (Soetaert et al., 
2010)	 for	 chemical	 and	physical	 constants	 and	 the	 calculation	of	 diffusion	 coefficients.	Physical	
transport was calculated with the ReacTran	 package	 (Soetaert	 and	Meysman,	 2012). The depth 
domain, which describes the upper 100 m of the sediment, was discretised into 500 layers. By 
forcing	the	upper	layer	to	a	thickness	of	1	cm,	the	thickness	of	the	following	grid	layers	increased	

(1 - ϕ)
∂Cs

∂t
= -(1 - ϕ)v

∂Cs

∂x
+ ∑Rs

ϕ
∂Caq

∂t
= ϕ Dʹ ∂2Caq

∂x2
- ϕu

∂Caq

∂x
+ ∑Raq
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Table 6.1 | Chemical species included in the diagenetic model.

Species Notation Type

Organic mattera OMα,β,γ Solid

Iron oxidesa Fe(OH)3
α,β,γ Solid

Iron monosulfide FeS Solid

Pyrite FeS2 Solid

Siderite FeCO3 Solid

Elemental sulfur S0 Solid

Iron-oxide bound phosphorus FeoxP Solid

Vivianite Fe3(PO4)2 Solid

Chloride Cl- Solute

Oxygen O2 Solute

Sulfate SO4
2- Solute

Iron Fe2+ Solute

Hydrogen sulfideb ∑H2S Solute

Methane CH4 Solute

Ammoniumb ∑NH4
+ Solute

Nitrate NO3
- Solute

Phosphate ∑HPO4
2- Solute

Dissolved inorganic carbon DIC Solute

a There are three types of species: reactive (α), less reactive (β) and refractory (γ); c ∑ denotes that all species of an acid are included

exponentially to 90 cm at 100 m depth in the sediment.	 The	 set	 of	 equations	 obtained	 upon	
discretization	of	 the	mass	conservation	equations	was	 solved	with	 the	 lsoda	ordinary	differential	
equation	solver	(Hindmarsh,	1983;	Petzoldt,	1983).

6.2.4.2 Initial and boundary conditions
Boundary conditions at the sediment-water interface were described as concentrations for the 
solutes and fluxes for the solids (Appendix 6.A). At the lower boundary, a zero-gradient boundary 
condition was applied to all species. For each simulation, the model was run to steady state with 
initial forcings before transient simulations were performed. The transient simulations represent 
sediment accumulation over the past 25 kyr, assuming no changes in environmental conditions 
or fluxes before 13 kyr BP. Sedimentation rates were assumed to be constant both before and after 
the onset of the A/L-transition, which was set to 8 kyr BP, with values of 1.25 and 0.63 cm yr-1, 
respectively. The flux of organic matter entering the sediment was fit to the observed TOC profile, 
thereby assuming that the increase in organic matter loading at the A/L-transition coincided with 
the change in sedimentation rate, and that in the Littorina Sea the ratio of the various organic 
matter fractions obeyed the multi-G model (Westrich and Berner, 1984) (Fig. 6.2). Changes in 
sedimentary Fe loading after the A/L-transition follow the transient evolution of organic matter 
loading (Lenz et al., 2015a). Iron oxides enter the sediment mostly in crystalline form (γ-phase) 
before 13 kyr BP and in more reactive form (α-phase) from 10 kyr BP onwards. Thus, Fe oxides 
deposited during the Baltic Ice Lake, i.e. below 50 m depth in the sediment (Andrén et al., 2015), 
are assumed to be unreactive. During the Holocene Thermal Maximum (HTM; 8-4.4 kyr BP) and 
Medieval Climate Anomaly (MCA; 1.7 – 0.8 kyr BP), periods of high productivity and widespread
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Primary redox reactions*

OMα,β + aO2 → aCO2 + bNH4
+ + cH3PO4 + aH2O R1

OMα,β + 0.8aNO3
- + 0.8aH+ → aCO2 + bNH4

+ + cH3PO4 + 0.4aN2 + 1.4aH2O R2

OMα,β + 4aFe(OH)3
α + 4aχα FeoxP + 12aH+ → aCO2 + bNH4

+ + (c+4aχα)H3PO4 + 4aFe2+ + 13aH2O R3
OMα,β + 0.5aSO4

2- + aH+ → aCO2 + bNH4
+ + cH3PO4 + 0.5aH2S + aH2O R4

OMα,β → 0.5aCO2 + bNH4
+ + cH3PO4 + 0.5aCH4 R5

Secondary redox and other reactions†

2O2 + NH4
+ + 2HCO3

- → NO3
- + 2CO2 + 3H2O R6

O2 + 4Fe2+ + 8HCO3
- + 2H2O + 4χαH2PO4

- → 4Fe(OH)3
α + 4χαFeoxP + 8CO2 R7

2O2 + FeS → SO4
2- + Fe2+ R8

7O2 + 2FeS2 + 2H2O → 4SO4
2- + 2Fe2+ + 4H+ R9

2O2 + H2S + 2HCO3
- → SO4

2- + 2CO2 + 2H2O R10
2O2 + CH4 → CO2 + 2H2O R11
2Fe(OH)3

α + 2χαFeoxP + H2S + 4CO2 → 2Fe2+ + 2χαH2PO4
- + S0 + 4HCO3

- + 2H2O R12
2Fe(OH)3

β + 2χβFeoxP + H2S + 4CO2 → 2Fe2+ + 2χβH2PO4
- + S0 + 4HCO3

- + 2H2O R13
Fe2+ + H2S → FeS + 2H+ R14
FeS + H2S → FeS2 + H2 R15
4S0 + 4H2O → 3H2S + SO4

2- + 2H+ R16
FeS + S0 → FeS2 R17
SO4

2- + CH4 + CO2 → 2HCO3
- + H2S R18

CH4 + 8Fe(OH)3
α,β + 8χα,βFeoxP + 15H+ → HCO3

- + 8Fe2+ + 8χα,βH2PO4
- + 21H2O R19

Fe(OH)3
α + (χα - χβ)FeoxP → Fe(OH)3

β + (χα - χβ)H2PO4
- R20

Fe(OH)3
β + (χβ - χγ)FeoxP → Fe(OH)3

γ + (χβ - χγ)H2PO4
- R21

3Fe2+ + 2HPO4
2- → Fe3(PO4)2 + 2H+ R22

Fe2+ + CO3
2- → FeCO3 R23

* Organic matter (OM) is of the form (CH2O)a(NH4
+)b(H3PO4)c, with a = 1, b = 16/106 and c = 1/150. Before the A/L-transition (8 kyr 

BP), ‘b’ and ‘c’ were reduced by a factor of 15 to represent low-quality OM. † χ refers to the P:Fe ratio of Fe(OH)3
α,β,γ. R6 = nitrification; 

R7 = Fe(OH)3 formation; R8 = FeS oxidation; R9 = FeS2 oxidation; R10 = H2S oxidation; R11 = aerobic CH4 oxidation; R12 and R13 
= Fe(OH)3 reduction by H2S; R14 = FeS formation; R15 = FeS2 formation (H2S pathway); R16 = S0 disproportionation; R17 = FeS2 
formation (polysulfide pathway); R18 = SO4-AOM; R19 = Fe-AOM; R20 = conversion (i.e. crystallization) from α to β phase; R21 = 
crystallization from β to γ phase; R22 = vivianite formation and R23 = siderite precipitation.

anoxia (Jilbert and Slomp, 2013b; Zillén et al., 2008), we assume that part of the Fe oxides convert 
to pyrite before settling onto the sediment surface (Fig. 6.2). Bottom-water concentrations 
of sulfide are zero except during the MCA and during the HTM. Bottom-water salinity 
conditions were varied such that a best fit to the observed pore water Cl- profile was obtained.

6.3 Results

6.3.1 Solid phase
 The shift from a freshwater lake towards a brackish/marine depositional environment at 
the A/L-transition is characterized by a pronounced increase in sedimentary TOC and total S at 
all three study sites (Fig. 6.3). Compared to the Littorina Sea sediments, the limnic deposits are 
depleted in sedimentary S (< 50 µmol g-1), Fe sulfides (< 50 µmol g-1) and poor in organic carbon (~ 
0.5 wt%), while containing high amounts of reducible Fe oxides (~ 200-300 µmol g-1 at site M0065, 

Table 6.2 | Reaction pathways and associated stoichiometries implemented in the diagenetic model.
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Table 6.3 | Reaction equations implemented in the model.

Primary redox reaction equations

( [O2]

KO2 + [O2]
R1 = kα,βOMα,β ) E1

R2 = kα,βOMα,β( [NO3
-]

KNO3
- + [NO3

-])( KO2

KO2 + [O2]) E2

R3 = kα,βOMα,β( [Fe(OH)3
α]

KFe(OH)3
α + [Fe(OH)3

α])( KNO3
-

KNO3
- + [NO3

-])( KO2

KO2 + [O2]) E3

R4 = Ψkα,βOMα,β( [SO4
2-]

KSO4
2- + [SO4

2-] )( KFe(OH)3
α

KFe(OH)3
α + [Fe(OH)3

α])( KNO3
-

KNO3
- + [NO3

-])( KO2

KO2 + [O2]) E4

R5 = Ψkα,βOMα,β( KSO4
2-

KSO4
2- + [SO4

2-] )( KFe(OH)3
α

KFe(OH)3
α + [Fe(OH)3

α])( KNO3
-

KNO3
- + [NO3

-])( KO2

KO2 + [O2]) E5

Secondary redox and other reaction equations

R6  = k1[O2][NH4
+] E6

R7  = k2[O2][Fe2+] E7
R8  = k3[O2][FeS] E8
R9  = k4[O2][FeS2] E9
R10 = k5[O2][∑H2S] E10
R11 = k6[O2][CH4] E11
R12 = k7[Fe(OH)3

α][∑H2S] E12
R13 = k8[Fe(OH)3

β][∑H2S] E13
R14 = k9[Fe2+][∑H2S] E14
R15 = k10 [FeS] [∑H2S] E15
R16 = k11[S0] E16
R17 = k12 [FeS] [S0] E17
R18 = k13[SO4

2-][CH4] E18
R19 = k14[Fe(OH)3

α,β][CH4] E19
R20 = k15 [Fe(OH)3

α] E20
R21 = k16 [Fe(OH)3

β] E21
R22 = k17 [Fe2+] [HPO4

2-] E22
R23 = k18 [Fe2+] [DIC] E23

~ 200-350 µmol g-1 at site M0063 and ~ 100-150 µmol g-1 at site M0059). At site M0063, elevated 
concentrations of TOC and solid phase S are observed around ~ 50 m depth. Sedimentary Fe 
carbonates show a distinct peak of ~ 80 µmol g-1 below the A/L transition at site M0065. Sites 
M0063 and M0059 also display elevated Fe carbonate concentrations of ~ 100 µmol g-1 and ~ 50 
µmol g-1, respectively, in the Fe2+-rich limnic deposits below the A/L transition.

The relative contribution of amorphous Fe oxides (Feox1) to the total amount of Fe oxides 
declines from 47 % around the A/L transition to ~ 20 % around 15 m depth at site M0065 (Fig. 6.4). 
Below 15 m depth, crystalline Fe oxides (Feox2) become the dominant Fe oxide phase, accounting for 
~ 80 % of total Fe oxides. At site M0059, the same pattern of a declining contribution of amorphous 
Fe oxides (from ~ 50 % to ~ 30 %) and an increase in the relative abundance of crystalline Fe oxides
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Table 6.4 | Reaction parameters used in the diagenetic model.

Parameter Symbol Value Units Values in literature

Decay constant for OMα kα 0.03 yr-1 0.05 - 1.62 a, b

Decay constant for OMβ kβ 0.0025 yr-1 0.0025 - 0.0086 b, h

Limiting concentration of O2 KO2 0.02 mM 0.001 - 0.03 c

Limiting concentration of  NO3
- KNO3- 0.004 mM 0.004 - 0.08 c

Limiting concentration of Fe(OH)3 KFe(OH)3α 65 μmol g-1 65 - 100 c

Limiting concentration of SO4
2- KSO42- 1.6 mM 1.6 c

Attenuation factor for E4 and E5 ψ 0.0014 - 0.00157 - 0.075 b, d

Rate constant for reaction E6 k1 104 mM-1 yr-1 5000 - 39000 c, d

Rate constant for reaction E7 k2 1.4 * 105 mM-1 yr-1 1.4 * 105 c

Rate constant for reaction E8 k3 300 mM-1 yr-1 300 c

Rate constant for reaction E9 k4 1 mM-1 yr-1 1 c

Rate constant for reaction E10 k5 160 mM-1 yr-1 ≥ 160 c

Rate constant for reaction E11 k6 107 mM-1 yr-1 107 c

Rate constant for reaction E12 k7 8 mM-1 yr-1 ≤ 100 c

Rate constant for reaction E13 k8 0.08 mM-1 yr-1 0.95i

Rate constant for reaction E14 k9 14800 mM-1 yr-1 100 - 14800 b, d

Rate constant for reaction E15 k10 0.0003 mM-1 yr-1 0.0003 - 3.15 e, i

Rate constant for reaction E16 k11 3 yr-1 3 f

Rate constant for reaction E17 k12 7 mM-1 yr-1 7 f

Rate constant for reaction E18 k13 7.5 mM-1 yr-1 10 c

Rate constant for reaction E19 k14 3.1 * 10-7 mM-1 yr-1 1.6 * 10-7 - 0.0074 g, i

Rate constant for reaction E20 k15 0.6 yr-1 0.6 f

Rate constant for reaction E21 k16 1.3*10-5 yr-1 1.3*10-5 i

Rate constant for reaction E22 k17 0.005 mM-1 yr-1 0.052 i

Rate constant for reaction E23 k18 0.005 mM-1 yr-1 0.0027 i

Linear adsorption coefficient for NH4
+ KNH4+ 1.3 - 1.3 j

a Moodley et al. (2005); b Reed et al. (2011a); c Wang and Van Cappellen (1996); d Reed et al. (2011b); e Rickard and Luther (1997);  
f Berg et al. (2003); g Rooze et al. (2016); h Reed et al. (2016); i Egger et al. (2016); j Mackin and Aller (1984)

(from ~20 % to ~ 50 %) is observed in the sediments below the A/L transition. At site M0063, in 
contrast, an almost equal contribution of amorphous and crystalline Fe oxides (~ 45 %) is observed 
in the Fe2+-rich sediments below the A/L transition, and the same shift toward a dominance of 
crystalline Fe oxides below a depth of ~ 50 m.

6.3.2 Pore water profiles
Pore water concentrations of alkalinity, NH4

+ and DIC are highest in the organic-rich Littorina Sea 
sediments and indicate a net downward diffusive flux of these constituents into the limnic deposits 
(Fig. 6.5). The concentrations of these key products of organic matter remineralization increase with 
increasing thickness of the Littorina deposits and TOC contents (M0065 < M0063 < M0059). At 
site M0063, alkalinity and DIC display a second shoulder at depth of 40 to 50 m in sediments with 
elevated TOC contents.
 Concentrations of pore water SO4

2- and dissolved sulfide indicate active SO4
2- reduction above 

5 m at site M0065 and above 1.5 m at site M0063, with pore waters depleted in SO4
2- and sulfide 

below. Site M0059 shows variable SO4
2- concentrations between 0-2 mM until a depth of around 

50 m. Dissolved sulfide was only detected in the upper ~ 0.5 m of the sediment. However, SO4
2- 

concentrations increase again around a depth of 17 m (M0065), 70 m (M0063) and 85 m (M0059), 
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Fig. 6.2 | Variations in (a) input of organic matter 
and (b) solid Fe species, as well as (c) changes 
in bottom water concentrations of sulfi de and 
(d) salinity during the last 14 kyr of the model 
simulation. Inputs and environmental conditions 
before 13 kyr BP are constant. Dashed lines represent 
12.5, 11.5, 7, 6 and 1.1 kyr BP (a), 12.5 and 10 kyr 
BP (b), 7.5, 6.5, 5.5 and 4.5 kyr BP (d), respectively. 
Timing of the peaks in Fe input aft er the A/L 
transition (b) and the timing of enhanced bottom 
water sulfi de concentrations (c) are consistent with 
changes in organic matter loading. Note that α, β 
and γ refer to highly reactive, less reactive and inert 
phases of Fe oxides and organic matter.

Fig. 6.3 | Solid phase sediment profi les of total organic carbon (TOC), sulfur (S tot), Fe sulfi des (sum of AVS (acid 
volatile sulfur) and CRS (chromium reducible sulfur)), Fe oxides (sum of amorphous, crystalline and recalcitrant 
oxides, i.e. Feox1, Feox2 and Femagn) and Fe carbonates (Fe carb). Th e darkgrey bar indicates the transition from the 
Ancylus freshwater phase to the Littorina brackish/marine phase (A/L transition). Th e lightgrey shaded area indicates 
sediments with elevated concentrations of pore water Fe2+ below the A/L transition (see Fig. 6.5). Note the diff erent 
scales between the diff erent sites.
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Fig. 6.4 | Diff erent Fe oxide fractions extracted using the procedure aft er Poulton and Canfi eld (2005), including 
easily reducible (amorphous) oxides (“Fe ox1”), reducible (crystalline) oxides (“Fe ox2”) and magnetite (“Fe magn”), 
and their relative contribution to total Fe oxides. Th e darkgrey bar and the lightgrey shaded area are explained in the 
legend of Fig. 6.3.

Fig. 6.5 | Pore water profi les of alkalinity (Alk), NH4
+, dissolved inorganic carbon (DIC), sulfi de (∑H2S = H2S + HS- + 

S2-), SO4
2-, CH4 and Fe2+. Th e darkgrey bar and the lightgrey shaded area are explained in the legend of Fig. 6.3.
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where values of ~ 0.4 mM, ~ 2 mM, and ~ 6 mM are reached, respectively. Dissolved Fe2+ shows a 
distinct maximum in the pore waters below the A/L transition at all three sites with concentrations 
of up to ~ 1 mM (M0065), ~ 0.6 mM (M0063) and ~ 1.5 mM (M0059).
 Variations in CH4 concentrations with depth suggest extensive degassing during core recovery, 
with likely less degassing at site M0065 compared to the other sites due to lower rates of organic 
matter degradation, as indicated by the pore water profi les of alkalinity, NH4

+ and DIC, and 
therefore lower concentrations of CH4 (Fig. 6.5). Th us, most data in the CH4 zone indicate high 
super-saturation of CH4 most of which has been lost by degassing (indicated by white symbols in 
Figs. 6.6 and 6.7). Below a depth of ~ 20 m (M0065) ~ 40 m (M0063) and ~ 60 m (M0059), however, 
CH4 concentrations consistently drop below 1 bar saturation and follow a smooth profi le, suggesting 
that the measurements from the deeper parts of the sediment may refl ect actual concentrations.

Th e Littorina Sea sediments are further characterized by 13C-enriched DIC, with values of 
δ13C-DIC of ~ 11 ‰ (M0065), ~ 17 ‰ (M0063) and ~ 25 ‰ (M0059) (Fig. 6.6). Below the A/L 
transition, δ13C-DIC shows a shift  to more 13C-depleted DIC with values of ~ -20 ‰ at all sites. 
However, while δ13C-DIC generally stays constant below the zone with elevated Fe2+ concentrations 
at site M0063 and M0059, it becomes heavier again at depth at site M0065.
 Vertical profi les of δ13C-CH4 and δD-CH4 are not aff ected by CH4 degassing and show 
isotopically light CH4 in the pore waters of the Littorina Sea sediments at all sites, with values of 
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Fig. 6.6 | Pore water profi les and isotopic composition of DIC, CH4 and H2O. VPDB = Vienna Pee Dee Belemnite and 
V-SMOW = Vienna Standard mean ocean water. Th e darkgrey bar and the lightgrey shaded area are explained in the 
legend of Fig. 6.3. Note that the white symbols for CH4 indicate that these measurements represent the remains of CH4 
aft er most CH4 has been lost due to outgassing during coring.
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(Fig. 6.6). In the limnic deposits, dissolved CH4 becomes more depleted in 13C with depth. However, 
at site M0063, CH4 becomes progressively enriched in 13C again below ~ 70 m depth. At site M0065, 
δD-CH4 displays only a slight depletion in heavy isotopes with depth and a distinct gradient change  
around 37 m towards lighter δD-CH4. Pore water CH4 at site M0063 shows a gradual depletion in 
δD-CH4 with depth, starting from ~ -220 ‰ close to the sediment surface to ~ -270 ‰ at 50 – 70 
m depth in the limnic deposits. Below 70m, δD-CH4 increases steeply again with depth. Site M0059 
shows a gradual depletion in δD-CH4 with depth from ~ -210‰ close to the sediment surface to ~ 
-250 ‰ around 50 m depth, below which δD-CH4 increases again towards more enriched values, 
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before declining again even further. Pore water δD-H2O decreases downward at all sites, from ~ -40 
‰ to ~ -130 ‰ at sites M0065 and M0063, and from -20 ‰ to ~ -90 ‰ at site M0059, respectively.

6.3.3 Modeling results
In general, the modeled pore water and solid phase profiles for site M0063 are in good agreement 
with the measured data, except for the Fe carbonate profile (Fig. 6.7). Note, however, that the 
measured Fe carbonate concentrations could be overestimated due to AVS dissolution during 
the Na acetate extraction step (Egger et al., 2015b). Concentrations of Fe carbonate are around ~ 
100-600 µmol g-1 in the Littorina Sea sediments and around ~ 50 µmol g-1 in the limnic deposits. 
Furthermore, the elevated concentrations of dissolved SO4

2- below ~ 70 m depth in the sediment 
could not be reproduced in the model when assuming them to be a remnant of the seawater solutes 
that diffused into the freshwater deposits during the early A/L transgression.

Present-day rates of CH4 production show two distinct maxima of ~ 50 pmol CH4 cm-3 d-1 and 
~ 70 pmol CH4 cm-3 d-1 in the organic-rich Littorina Sea sediments deposited during the MCA and 
during the HTM, respectively. In the limnic deposits, CH4 production rates are around ~ 0.5-5 
pmol CH4 cm-3 d-1. Oxidation of CH4 coupled to SO4

2- reduction is restricted to the upper 3 m of 
sediment, with highest rates of ~ 550 pmol CH4 cm-3 d-1 around 2 m depth in the sediment. Rates of 
Fe-AOM show a peak of ~ 0.2 pmol CH4 cm-3 d-1 between ~ 10 and 20 m depth in the Littorina Sea 
sediments. Below the A/L transition, Fe-AOM rates decrease from ~ 0.2 pmol CH4 cm-3 d-1 to < 0.01 
pmol CH4 cm-3 d-1 around 60 m depth in the limnic deposits. S0 disproportionation is constrained to 
the upper 3 m of sediment, with a maximum rate of ~ 1.6 pmol S0 cm-3 d-1 between 1 and 2 m depth.
 Modeled depth-integrated rates of organoclastic SO4

2- reduction, CH4 production, SO4-AOM 
and Fe-AOM are ~ 19 µmol C m-2 d-1, ~ 683 µmol CH4 m-2 d-1, ~ 193 µmol CH4 m-2 d-1 and ~ 18 
µmol CH4 m-2 d-1, respectively, in the Littorina Sea sediments and 0 µmol C m-2 d-1, 95 µmol CH4 
m-2 d-1, 0 µmol CH4 m-2 d-1 and 24 µmol CH4 m-2 d-1, respectively, in the deposits below the A/L 
transition (> 27 m depth). Note, however, that organoclastic SO4

2- reduction likely is underestimated 
due to high rates SO4

2- reduction close to the sediment surface, which are not captured by the model 
applied in this study (Jørgensen, 1978; Jørgensen et al., 2001).

6.4 Discussion

6.4.1 CH4 production in brackish/marine deposits
The establishment of more productive brackish/marine conditions during the early Holocene 
resulted in a prominent transition from Fe oxide-rich clay to organic carbon-rich sediments at all 
three sites (Fig. 6.3), consistent with previously published Baltic Sea sediment records (Böttcher and 
Lepland, 2000; Holmkvist et al., 2014). Pore water profiles of alkalinity and NH4

+ indicate high rates 
of organic matter degradation in the Littorina Sea sediments (Fig. 6.5). Increasing concentrations 
of TOC, alkalinity and NH4

+ between the sites (M0065 < M0063 < M0059) point towards higher 
rates of organic matter remineralization with increasing thickness of the Holocene brackish/marine 
deposits. These results support our assumption that higher CH4 concentrations likely led to more 
outgassing (M0065 < M0063 < M0059) and thus lower measured concentrations of dissolved CH4 
in the Littorina Sea deposits.

The isotopic composition of CH4 can be used to identify the main source of pore water 
CH4, as each type of CH4 formation pathway produces a characteristic isotopic signature in δ13C 
and δD (Whiticar, 1999). Co-isotope plots of pore water CH4 reveal that hydrogenotrophic 
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carbonate reduction, i.e. microbial reduction of carbon dioxide (CO2) to CH4, represents the main 
methanogenic pathway in the Littorina Sea sediments at all sites (Fig. 6.8). Such hydrogenotrophic 
CH4 production is typically observed in marine environments because of the relatively depleted 
levels of other methanogenic substrates, such as acetate, by competitive SO4

2- reducers (Whiticar, 
1999). In the limnic deposits at site M0063 and M0059, pore water CH4 depicts δ13C and δD isotope 
signatures typically associated with mixed or transitional systems, indicating a substrate shift from 
carbonate reduction to acetate fermentation – the dominant methanogenic pathway in freshwater 
environments (Whiticar, 1999) – or to methylotrophic methanogenesis, and mixing with downward 
diffusing Littorina Sea-derived CH4 (Fig. 6.8). Interestingly, CH4 in the limnic deposits at site 
M0065 shows an isotopic composition dominated by carbonate reduction. This is likely the result of 
thinner Littorina Sea deposits, which during the early A/L transgression allowed seawater SO4

2- to 
diffuse deeper into the limnic deposits. Pore water CH4 in the deep limnic deposits at site M0063 
and M0065 fall outside the range commonly determined for hydrogenotrophic methanogenesis 
using contemporary ocean water (Whiticar, 1999) (Fig. 6.8), which further indicates CO2 reduction 
at depth using old D-depleted glacial water and 13C-depleted CO2 as substrates (Fig. 6.6). These 
results suggest that CH4 in the sediments below the A/L transition is not only from downward 
diffusion, but also partly from methanogenesis within the limnic deposits. Thus, the CH4 at depth 
is a mixture of CH4 diffusing downward from the Littorina Sea deposits and CH4 produced at low 
rates in the sediment.
 The presence of dissolved CH4 in the Fe oxide-rich freshwater deposits creates conditions 
favorable for a potential coupling between CH4 oxidation and Fe oxide reduction through Fe-AOM. 
In the following, the possible role of Fe-AOM and of other feasible mechanisms responsible for Fe 
reduction in the limnic sediments below the A/L transition is discussed.
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Fig. 6.8 | Methane isotope classification diagram modified after Whiticar (1999). Black dots represent samples from 
Littorina Sea sediments, while grey diamonds show samples from the Fe2+-rich sediments below the A/L transition. 
Grey triangles indicate limnic sediments without dissolved Fe2+ and grey squares (site M0063 only) are for samples 
from deep limnic sediments with remnant pore water SO4
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dominant CH4 production pathway in freshwater systems, while marine systems are dominanted by carbonate 
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6.4.2 Fe-AOM below the A/L transition
Downward diffusion of CH4 into the organic-poor limnic clay indicates that CH4 may provide a 
potential reductant for the sedimentary Fe oxides. Thus, to test whether Fe-AOM can reproduce 
the high concentrations of Fe2+ below the A/L transition, we assumed that Fe oxides buried past the 
initial zone of organoclastic Fe reduction are not reactive towards organic matter at depth in the 
diagenetic model developed for site M0063, i.e. that organoclastic Fe reduction does not occur at 
depth in the sediment. As a consequence, Fe-AOM represents the only Fe oxide reduction pathway 
below 20 cm depth in the model (Appendix 6.B). The model shows that assuming Fe-AOM as the 
only Fe reduction pathway enables a good fit between the modeled and measured pore water and 
solid phase profiles (Fig. 6.7). Model derived rates for Fe-AOM of ~ 0.2 pmol CH4 cm-3 d-1 are 
significantly lower than potential Fe-AOM rates from stimulated laboratory incubation studies (~ 
4 nmol CH4 cm-3 d-1) (Egger et al., 2015b; Segarra et al., 2013; Sivan et al., 2011), but of a similar 
magnitude as recently estimated potential Fe-AOM rates in deep Black Sea sediments (~ 0.1 pmol 
CH4 cm-3 d-1) (Egger et al., 2016). Depth-integrated rates of SO4-AOM (~ 200 µmol m-2 d-1) and 
Fe-AOM (~ 40 µmol m-2 d-1) over the whole model domain indicate that Fe-AOM could account 
for ~ 20 % of total CH4 oxidation in the sediments at site M0063. Note that this estimate is based 
on the assumption that Fe-AOM is responsible for all of the Fe reduction at depth in the sediment. 
Hence, it should be seen as a theoretical upper estimate. However, the model shows that although 
rates of SO4-AOM are more than three orders of magnitude higher close to the sediment surface (~ 
550 pmol CH4 cm-3 d-1), CH4 consumption through Fe-AOM could still be significant as it occurs 
over vast sediment deposits. The model further suggests that the major sink for CH4 produced in 
the Littorina Sea sediments is downward diffusion, as indicated by the difference between total CH4 
production and consumption.

Preferential oxidation of isotopically light CH4 during AOM results in a progressive enrichment 
of the residual pore water CH4 in 13C-CH4 and D-CH4 (Alperin et al., 1988; Martens et al., 1999; 
Reeburgh, 2007). The observed depletions in 13C-CH4 and D-CH4 of pore water CH4 below the 
A/L transition, however, are the opposite of what is expected if CH4 concentrations are controlled 
exclusively by oxidation of downward diffusing Littorina Sea-derived CH4 through Fe-AOM 

(Fig. 6.6). Previous studies have shown that in systems where production and oxidation of CH4 
take place concurrently, generation of 13C-depleted CH4 during methanogenesis may conceal the 
isotopic signature of AOM (Borowski et al., 1997; Egger et al., 2015b; Seifert et al., 2006). Thus, the 
continuous depletion in 13C of the pore water CH4 with decreasing CH4 concentrations below the 
A/L transition could be the result of CH4 production with more 13C-depleted DIC in the limnic 
deposits.

Another explanation for the shift to 13C-depleted CH4 below the A/L transition is enzyme-
mediated equilibrium carbon isotope exchange during AOM (Holler et al., 2012; Yoshinaga et al., 
2014). This microbially mediated C isotope equilibration between CH4 and CO2 becomes the most 
relevant when the reaction is close to thermodynamic equilibrium (Holler et al., 2012; Yoshinaga 
et al., 2014). Yoshinaga et al. (2014) showed that SO4-AOM at low SO4

2- concentrations (< 0.5 
mM) might, in fact, result in 13C-depletion rather than 13C-enrichment as generally proposed for 
CH4 oxidation. The authors attributed the 13C-depletion of CH4 to an enzyme-level reversibility 
leading to an apparent inverse isotope effect, where the relative equilibrium fractionation of the 
reverse reaction (i.e. AOM back flux) is larger than the forward reaction at low SO4

2- concentrations. 
Considering the slow rates reported for Fe-AOM (Beal et al., 2009; Egger et al., 2015b, 2016; 
Segarra et al., 2013; Sivan et al., 2011) and the lower accessibility of Fe oxides in comparison with 
dissolved SO4

2-, Fe-AOM is likely to generally operate close to thermodynamic equilibrium, thereby 
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potentially enabling equilibrium isotope exchange. Such an enzyme-mediated equilibrium carbon 
isotope exchange should, in theory, also result in 13C-enriched DIC. The shift in δ13C-DIC towards 
more depleted values in the Fe2+-rich sediments below the A/L transition, as observed at all three 
sites (Fig. 6.6), thus shows that this mechanism is unlike to explain all of the 13C-depletion in CH4 
with depth.

More 13C-depleted DIC below the A/L transition, on the other hand, is consistent with the 
preferential oxidation of 12C-CH4 during Fe-AOM and the subsequent addition of isotopically 
light 12C-CO2 to the DIC pool. Such a negative excursion in δ13C-DIC, however, could also derive 
from the decreasing rates of methanogenesis with depth and thus less removal of isotopically light 
CO2 from the DIC pool, as well as a change in the isotopic signature of organic matter between the 
Littorina Sea sediments and the deep limnic deposits.

For hydrogenotrophic carbonate reduction, the pore water represents the initial hydrogen 
source for the formation of CH4 (Daniels et al., 1980; Whiticar, 1999). The dependence of δD-CH4 
on the hydrogen isotope ratio of the coexisting pore water (δD-H2O) in Littorina Sea sediments 
falls within the range typically observed for marine methanogenesis by carbonate reduction (Fig. 
6.9). However, CH4 in the Fe2+-rich sediments below the A/L transition appears to be enriched 
in D compared to what would be expected from the ambient pore water at all sites. This relative 
enrichment in δD-CH4 compared to δD-H2O is especially pronounced at site M0065 and M0059 
and could be due to mixing with downward diffusing Littorina Sea-derived CH4 enriched in D. 
Interestingly, the limnic deposits below the zones of high dissolved Fe2+ show an abrupt change 
to δD-CH4 at site M0065 consistent with hydrogenotrophic CH4 production with coexisting pore 
water. Such a sharp transition may indicate a lack of addition of D-enriched CH4 by the absence of 
Fe-AOM below the Fe2+-rich deposits, which would also be consistent with an increase in δ13C-DIC 
(i.e. less addition of 12C-CO2 from Fe-AOM) observed in these sediments.
 In summary, the diagenetic model developed for site M0063 shows that the pore water and solid 
phase profiles can be reproduced assuming Fe-AOM as an Fe reduction pathway in the deep Baltic 
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Sea sediments. While methanogenesis dominates the profiles of δ13C-CH4, δD-CH4 may indicate 
D-enrichment in pore water CH4 due to Fe-AOM. However, the addition of D-enriched Littorina 
Sea-derived CH4 complicates the interpretation of the relative enrichment in δD-CH4 compared 
to ambient δD-H2O. Ths, the concurrent production, consumption and transport of CH4 make it 
difficult to assess whether Fe-AOM is occurring in these sediments.

6.4.3 Organoclastic Fe reduction
The sediments below the A/L transition, where pore water Fe2+ is abundant, contain significant 
amounts of poorly crystalline (amorphous) Fe oxides that account for ~ 30-40 % of total Fe 
oxides at all three sites (Fig. 6.4). Such high concentrations of easily reducible Fe oxides could 
favor organoclastic Fe reduction, i.e. oxidation of organic matter coupled to the reduction of Fe 
oxides in these sediments. Several studies have documented that Fe-reducing organisms are able 
to outcompete methanogens for common substrates (e.g. acetate and hydrogen), reducing the 
concentration of these primary electron donors to levels that are too low for methanogens to grow 
(Achtnich et al., 1995; Lovley and Phillips, 1987; Lovley et al., 1989). In addition, direct inhibition 
of methanogenesis by Fe oxides has been reported, where methanogens capable of Fe reduction 
drive a diversion of electron flow from CH4 production to Fe reduction (Bodegom et al., 2004; 
Bond and Lovley, 2002; Liu et al., 2011; Reiche et al., 2008; Sivan et al., 2016; Vargas et al., 1998). 
Hence, organoclastic Fe reduction has commonly been proposed to exert a suppressive effect on 
CH4 production. At site M0065, δ13C-CH4 shows almost no change with depth until ~ 15 m and 
depletion in 13C below (Fig. 6.6). This observation may thus indicate lower rates of methanogenesis 
due to the relatively high amounts of amorphous Fe oxides in the sediments between the A/L 
transition and ~15 m depth (Fig. 6.3) and a higher contribution of the isotopic signature of CH4 
consumption.

(Semi)conductive Fe oxides (e.g. hematite and magnetite) were recently reported to stimulate 
methanogenesis in laboratory incubation studies (Cruz Viggi et al., 2014; Kato et al., 2012; Li et 
al., 2014; Zhou et al., 2014; Zhuang et al., 2015). These studies proposed that (semi)conductive 
crystalline Fe oxides could serve as conduits between the electron-donating organoclastic Fe 
reducers and electron-accepting, CO2 reducing methanogens via DIET, thus potentially allowing 
concurrent methanogenesis and organoclastic Fe reduction. The inhibitory effect of Fe reduction on 
methanogenesis thus appears to be lower for crystalline Fe oxides such as hematite and magnetite, 
which are less bioavailable to Fe reducing organisms than poorly crystalline (amorphous) Fe oxides 
(e.g. ferrihydrite and lepidocrocite) (Lovley, 1991; Qu et al., 2004; Zhuang et al., 2015). These 
findings reveal that the crystallinity and conductivity of Fe oxides play a key role in determining 
whether methanogenesis is stimulated or suppressed in Fe oxide-rich environments.

The increase in the relative contribution of crystalline Fe oxides below the A/L transition (Fig. 
6.4) may therefore allow co-occurrence of methanogenesis and organoclastic Fe reduction in these 
sediments. These observations support recent suggestions that the ‘Froelich model’ of the primary 
redox-reactions in aquatic sediments with a characteristic succession of different redox zones 
(Froelich et al., 1979) could be less restrictive then commonly thought (Bethke et al., 2011; Sivan 
et al., 2016; Treude et al., 2014). Hence, organoclastic Fe reduction could be occurring throughout 
the methanogenic sediments, similar to Fe-AOM in our diagenetic model for site M0063, but 
depending on the prevailing chemical balance Fe2+ might be prevented from accumulating in the 
pore water. In this hypothesis, high amounts of organic matter would stimulate SO4

2- reduction 
in excess over organoclastic Fe reduction, due to potential kinetic hinderence of the latter, thus 
scavenging dissolved Fe2+ in form of Fe sulfides. In case of a large surplus of reactive ferric Fe and 
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low TOC, on the other hand, dissolved Fe2+ can accumulate in the pore water due to limited sulfide 
production.

6.4.4 Fe-stimulated SO4-AOM via a cryptic S cycle
At site M0063, the low CH4 concentrations and the smooth curvature of the CH4 profile in the 
sediments below ~ 70 m depth indicate little loss of CH4 during sampling. It is therefore possible to 
derive kinetic isotope fractionation factors using the Rayleigh distillation function (Rayleigh, 1896; 
Whiticar, 1999). The estimated fractionation factor for carbon (εC) of ~ 18 ‰ (R2 = 0.972) is within 
the range of reported values for SO4-AOM in marine sediments (11-24 ‰), while the calculated 
fractionation factor for hydrogen (εH) of ~ 50 ‰ (R2 = 0.997) is lower than previously documented 
values in these systems (100-185 ‰) (Holler et al., 2009; Martens et al., 1999). The low value for εH 
likely is due to the presence of old D-depleted glacial water in the deep limnic clay. These results 
suggest that SO4-AOM is occurring below 70 m depth at site M0063. Previous studies showed 
that the elevated concentrations of pore water SO4

2- at depth in limnic Baltic Sea deposits (Arkona 
Basin) are a remnant of seawater solutes that diffused into the freshwater deposits during the early 
A/L transgression (Holmkvist et al., 2014; Mogollón et al., 2012). However, these studies focused on 
the upper < 10 m of sediment only. The pore water profile of Cl- and our model results both suggest 
that the increase in dissolved SO4

2- below 70 m depth at site M0063 is unlikely to be of remnant 
origin, indicating a possible lateral source of SO4

2- or contamination with seawater during drilling.
 SO4-AOM does not necessarily have to be restricted to the deep sediments with elevated pore 
water SO4

2- concentrations, as the presence of ferric Fe could increase the recycling of sulfide to 
SO4

2- in a cryptic sulfur cycle (Holmkvist et al., 2011a):

17H2S + 8FeOOH → SO4
2- + 8FeS2 + 8H2 + 12H2O + 2H+                 (V)

and thereby fuel SO4
2- – driven AOM in the apparent SO4

2 – depleted limnic deposits. Methanogenic 
sediments where a cryptic sulfur cycle was postulated to occur are generally characterized by low 
background SO4

2- concentrations (< 0.5 mM) and slow rates of SO4
2- reduction (< 1 nmol cm-3 d-1) 

(Egger et al., 2016; Holmkvist et al., 2011a, 2011b; Knab et al., 2009; Leloup et al., 2007, 2009; Treude 
et al., 2014). Pore water SO4

2- concentrations in the methanogenic sediments rich in dissolved Fe2+ 

observed at site M0065 are < 100 μM and < 200 μM for sites M0063 and M0059, respectively. These 
values suggest that a cryptic S cycling may be active in deep Baltic Sea sediments.

Such a cryptic S cycle requires the formation of SO4
2- to maintain low rates of SO4

2- reduction. 
In our diagenetic model for site M0063, S0 disproportionation provides the only source of pore 
water SO4

2- (R16 in Table 6.2). Formation of S0, in turn, occurs exclusively through the reaction 
between dissolved sulfide and reactive ferric Fe (R12 and R13 in Table 6.2) (Burdige and Nealson, 
1986; Pyzik and Sommer, 1981). Disproportionation of S0, however, is restricted to the upper 3 m 
of sediment in the model (Fig. 6.7), indicating that a mechanism other than oxidation of dissolved 
sulfide could be responsible for the low background SO4

2- observed below the A/L transition. A 
possible source of SO4

2- not included in our model could be re-oxidation of Fe sulfide minerals to S0 
or thiosulfate and subsequent disproportionation (Holmkvist et al., 2011b). Average concentrations 
of Fe sulfide minerals below the A/L transition of ~ 30 μmol g-1 at site M0065 (~ 2 % AVS, ~ 98 % 
CRS), ~ 11 μmol g-1 at site M0063 (~ 15 % AVS, ~ 85 % CRS) and ~ 37 μmol g-1 at site M0059 (~ 4 
% AVS, ~ 96 % CRS) are generally low and dominated by pyrite, but would theoretically allow for 
oxidation of Fe sulfide with Fe oxide minerals, e.g. (Aller and Rude, 1988):
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8FeOOH + FeS + 16H+ → 9Fe2+ + SO4
2- + 12H2O                 (VI)

 Although such reactions have been documented at low pH in nonmarine environments, there 
is only limited evidence for ferric Fe driven re-oxidation of Fe sulfides in laboratory experiments 
with natural marine sediments (Aller and Rude, 1988; Schippers and Jorgensen, 2002). It should be 
noted, however, that the reaction between ferric Fe and Fe sulfides could be a slow process, which 
may not be captured in short-term incubation experiments. Active removal of sulfide, for example, 
could shift the chemical equilibrium between pore water sulfide and Fe sulfide minerals, resulting 
in slow dissolution of the latter. An additional pathway for SO4

2- production could be dissolution 
of sedimentary barite (BaSO4) (Treude et al., 2014), as indicated by elevated concentrations of pore 
water Ba2+ in the Fe2+-rich sediments at all sites of < 30 μM (Andrén et al., 2015).

In summary, low background SO4
2- concentrations below the A/L transition may indicate 

a potential for cryptic S cycling. Continuous production of sulfide through low rates of SO4
2- 

reduction could thus result in a net accumulation of pore water Fe2+ by reaction between sulfide and 
sedimentary Fe oxides, provided that the latter reaction is faster than authigenic FeS formation with 
dissolved Fe2+ or that it occurs in microenvironments. Recent findings indicate, however, that the 
buildup of pore water Fe2+ due to such a cryptic S cycle probably does not exceed a few hundred μM 
of dissolved Fe2+ in deep sediment deposits (Egger et al., 2016).

6.4 Conclusions

In the Baltic Sea, the transition from the Ancylus freshwater phase to the Littorina brackish/marine 
phase around 9-7 ka ago resulted in the accumulation of organic-rich methanogenic sediments 
overlying organic-poor limnic deposits. The downward diffusion of CH4 from the Littorina 
Sea sediments into the Fe oxide-rich lake deposits could allow for a coupling between Fe oxide 
reduction and CH4 oxidation. Our results reveal a complex interplay between production, oxidation 
and downward diffusion of dissolved CH4 in deep Baltic Sea sediments, indicating that part of the 
downward migrating CH4 may be consumed by Fe-AOM within the Fe oxide-rich lake deposits. 
We therefore propose that besides organoclastic Fe reduction, AOM coupled to the reduction of 
Fe oxides could also be a possible mechanism explaining the elevated concentrations of Fe2+ in the 
pore water below the A/L transition. These findings support recent evidence that CH4 represents 
a plausible electron donor for the reduction of more crystalline Fe oxides in SO4

2- – depleted 
environments (e.g. Egger et al. (2015b, 2016), Riedinger et al. (2014) and Sivan et al. (2011, 2016)), 
likely through a direct electron transfer between methanotrophic archaea and Fe oxides (McGlynn 
et al., 2015; Scheller et al., 2016; Wegener et al., 2015). Our results show that changes in bottom 
water salinity could result in the reduction of deeply buried Fe oxides with pore water CH4, thus 
impacting sedimentary Fe cycling and related biogeochemical processes, such as burial of P.
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Appendix 6.A: Additional model parameters and model boundary conditions

Fig. 6A.1 | Modeled porosity and the relative contribution of the different phases (α, β and γ) of organic matter and 
Fe oxides. Note that organoclastic Fe reduction only occurs with the α phase of Fe oxides, while Fe-AOM also occurs 
with the β phase. As a consequence, Fe-AOM represents the only Fe oxide reduction pathway below 20 cm depth in 
the sediment. 

Sediment porosity is modelled using an exponentially decreasing porosity curve of the form

where ϕ∞ is the porosity at depth, ϕ0 is the porosity at the sediment-water interface and γ is the 
porosity e-folding distance in cm (Table 6A.2).

Table A6.1 | Additional governing equations

Parameter Governing equation
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Table 6A.2 | Environmental parameters used in the diagenetic model.

Parameter Symbol Value Units

Porosity at surface ϕ0 0.95 -
Porosity at depth ϕ∞ 0.85 -
Porosity e-folding distance γ 2000 cm
Sediment density ρ 2.65 g cm-3

Temperature T 6 oC
Sediment accumulation rate * Fsed 0.166 g cm-2 yr-1

C:N ratio of organic matter† C/N 106/16 -
C:P ratio of organic matter† C/P 130 -
P:Fe ratio for Fe(OH)3

α,β,γ χα,β,γ 0.02 -
TOC:TOP acceleration factor for SO4

2- reduction and methanogenesis a η 10 -

* At the A/L-transition (8000 BP), the sediment accumulation rate is lowered by a factor of 0.506; † Before the A/L-transition, these 
ratios were multiplied by a factor of 15 to represent low-quality OM; a η = 30 in Reed et al. (2011b); TOP = total organic P.

Table 6A.3 | Boundary conditions at the sediment-water interface.

Time-independent boundary conditions Initial values of transient boundary conditions

Parameter Value Units  Parameter Value Units

J(FeCO3) * 0.025 mol m-2 yr-1  J(FeS2) 0 mol m-2 yr-1

J(S0) 0 mol m-2 yr-1  J(Fe(OH)3
α) 0 mol m-2 yr-1

J(CaP) * 0.0072 mol m-2 yr-1  J(Fe(OH)3
γ) 0.42 mol m-2 yr-1

J(FeP) * 0.0017 mol m-2 yr-1  J(OMα) 0.000043 mol m-2 yr-1

J(FeS) 0 mol m-2 yr-1  J(OMβ) 0.000014 mol m-2 yr-1

J(Fe(OH)3
β) 0 mol m-2 yr-1  J(OMγ) 0.17 mol m-2 yr-1

[O2] 0 μmol L-1  [∑H2S] 0 μmol L-1

[Fe2+] 0 μmol L-1  [Cl-] 0.16 μmol L-1

[CH4] 0 μmol L-1  [SO4
2-] 0.0081 μmol L-1

[∑NH4
+] 0 μmol L-1

[NO3
-] 4.53 μmol L-1

[DIC] 3500 μmol L-1

[HPO4
2-] 0 μmol L-1

* The flux of CaP, FeP and FeCO3 are scaled with the change in sedimentation rate at the A/L-transition, such that the background 
concentration remains constant over the simulation period.
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Chapter 7: 

Rapid sediment accumulation results in 
high methane effluxes from 

coastal sediments
With Lenstra, W., Jong, D., Meysman, F. J. R., Sapart, C. J., van der Veen, C., 

Röckmann, T., Gonzalez, S. and Slomp, C. P.

Abstract

Globally, the methane (CH4) efflux from the ocean to the atmosphere is small, despite high rates 
of CH4 production in continental shelf and slope environments. This low efflux results from the 
biological removal of CH4 through anaerobic oxidation with sulfate in marine sediments. In 
some settings, however, pore water CH4 is found throughout the sulfate-bearing zone, indicating 
an apparently inefficient oxidation barrier for CH4. Here we demonstrate that rapid sediment 
accumulation can explain this limited capacity for CH4 removal in coastal sediments. In a saline 
coastal reservoir (Lake Grevelingen, The Netherlands), we observed high diffusive CH4 effluxes from 
the sediment into the overlying water column (0.2-0.8 mol m-2 yr-1) during multiple years. Linear 
pore water CH4 profiles and the absence of an isotopic enrichment commonly associated with CH4 
oxidation in a zone with high rates of sulfate reduction (50-170 nmol cm-3 d-1) both suggest that 
CH4 is bypassing the zone of sulfate reduction. We propose that the rapid sediment accumulation 
at this site (~ 13 cm yr-1) reduces the residence time of the CH4 oxidizing microorganisms in 
the sulfate/methane transition zone (< 5 years), thus making it difficult for these slow growing 
methanotrophic communities to build-up sufficient biomass to efficiently remove pore water 
CH4. In addition, our results indicate that the high input of organic matter (~ 91 mol C m-2 yr-1) 
allows for the co-occurrence of different dissimilatory respiration processes, such as (acetotrophic) 
methanogenesis and sulfate reduction in the surface sediments by providing abundant substrate. We 
conclude that anthropogenic eutrophication and rapid sediment accumulation likely increase the 
release of CH4 from coastal sediments.
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7.1 Introduction

In most marine sediments, methane (CH4) is efficiently converted to carbon dioxide (CO2) by 
anaerobic oxidation coupled to sulfate (SO4

2-) reduction within a distinct sulfate/methane transition 
zone (SMTZ) (Boetius et al., 2000; Hoehler et al., 1994; Knittel and Boetius, 2009; Reeburgh, 2007; 
Valentine, 2002). This removal of pore water CH4 in the SMTZ functions as an important sink for 
oceanic CH4 and prevents the large amount of CH4 generated in marine sediments from escaping 
to the water column (Claypool and Kvenvolden, 1983; Dickens, 2001; Knittel and Boetius, 2009; 
Reeburgh, 2007). As a consequence, the ocean provides only a relatively small contribution to the 
accumulation of this potent greenhouse gas in the atmosphere.  

Current knowledge suggests that anaerobic oxidation of methane (AOM) is most likely 
performed through a syntrophic relationship between methanotrophic archaea and SO4

2- reducing 
bacteria (Boetius et al., 2000; Hoehler et al., 1994; Knittel and Boetius, 2009; Reeburgh, 2007) and 
may involve various possible cooperative metabolic strategies (Hoehler et al., 1994; McGlynn et al., 
2015; Meyerdierks et al., 2010; Milucka et al., 2012; Moran et al., 2008; Scheller et al., 2016; Wegener 
et al., 2015). However, the relevant metabolic pathways and the environmental factors that control 
the rates of AOM are still incompletely understood.

In particular, observations of large overlaps between pore water CH4 and SO4
2-, with CH4 

even tailing up to the sediment surface, suggest that AOM forms an inefficient oxidation barrier 
in certain marine environments (Devol et al., 1984; Iversen and Jorgensen, 1985; Jørgensen et al., 
2001; Knab et al., 2009; Piker et al., 1998; Thang et al., 2013; Treude et al., 2005). Such a sluggish 
microbial turnover of pore water CH4 may increase the CH4 release to the water column in case of 
rapid addition of CH4 to the sediments (Dale et al., 2008), for example as a result of destabilization 
of temperature-sensitive clathrate reservoirs or increased organic matter deposition due to 
anthropogenic eutrophication. To date, the reasons for this apparent inefficiency in CH4 removal 
with SO4

2- remain largely unknown.
In sediments of the Black Sea, where CH4-tailing appears to be a common pattern, the sluggish 

CH4 oxidation could not be related to unusual low rates of AOM or the lack of methanotrophic 
organisms (Jørgensen et al., 2001; Knab et al., 2009; Leloup et al., 2007). The slow growth of CH4 
oxidizing communities (Dale et al., 2008; Nauhaus et al., 2007) does indicate that methanotrophs 
may have difficulties in keeping up with high rates of sediment accumulation, such as found in 
nearshore and estuarine environments (Thang et al., 2013). High sediment accumulation rates in 
these coastal systems typically result in a relatively short residence time of organic matter in the 
SO4

2- reduction zone, allowing for extensive CH4 production at depth in the sediment (Bange et 
al., 1994; Crill and Martens, 1983; Jørgensen and Kasten, 2006; Reeburgh, 2007, 1983; Thang et 
al., 2013). As a consequence, nearshore environments are responsible for a major part of oceanic 
CH4 emissions (Bange et al., 1994; Borges and Abril, 2012; Gelesh et al., 2016; Reeburgh, 2007). 
However, little is known about the impact of anthropogenic eutrophication on CH4 dynamics in 
coastal systems.

Besides causing the development of “dead zones”, i.e. coastal waters subject to oxygen depletion 
(hypoxia) (Diaz and Rosenberg, 2008; Kemp et al., 2009), anthropogenic eutrophication also 
impacts the sedimentary redox balance and associated biogeochemical processes (Middelburg and 
Levin, 2009). Hypoxia can thus result in a shoaling of the biogeochemical zonation in the sediments 
(Middelburg and Levin, 2009), allowing for CH4 production in more shallow sediments and an 
enhanced CH4 flux to the bottom water (Gelesh et al., 2016). In addition, increased input of organic 
matter to the sediment can induce a vertical upward migration of the SMTZ in coastal sediments 
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through enhanced rates of SO4
2- reduction and methanogenesis (Egger et al., 2015b; Rooze et 

al., 2016; Slomp et al., 2013), shifting the CH4 oxidation barrier closer to the sediment surface. 
The development of bottom water hypoxia due to enhanced nutrient loading combined with the 
potential for limited CH4 removal as a result of fast sediment accumulation may therefore greatly 
increase atmospheric CH4 emissions from the coastal ocean.

In this study, we use detailed geochemical analyses as well as reactive transport modeling 
of the sediment and pore water of cores collected from a seasonally hypoxic coastal basin in the 
Netherlands to demonstrate how rapid sediment accumulation in combination with high organic 
matter loading impact early diagenesis in coastal marine sediments. Our results reveal that CH4 
bypasses the SO4

2- reduction zone in this high sedimentation rate environment. The subsequent 
lack of removal through AOM in combination with CH4 production close to the sediment surface 
allows a high CH4 efflux from the sediment to the water column to be sustained, thus increasing the 
potential of CH4 escaping to the atmosphere. We further show that SO4

2- reduction, methanotrophy, 
methanogenesis and Fe oxide reduction likely co-occur in marine sediments with high rates of 
sediment accumulation.

7.2 Methods

7.2.1 Study location
Sediment cores were collected from the Scharendijke basin (51.742 °N, 3.849 °E) in Lake 
Grevelingen, a saline coastal reservoir in the Netherlands (Fig. 7.1). Sampling occurred during 
multiple sampling campaigns on the R/V Luctor and R/V Navicula between 2012 and 2015 
(Appendix 7.A). Before the construction of two dams in 1964 and 1971, Lake Grevelingen was 
an estuarine ecosystem. After enclosure, it became a seasonally stratified saline reservoir (salinity 
~ 29 – 32), where bottom water oxygen depletion develops each summer in the deeper basins of 
the former estuarine tidal channels (Wetsteyn, 2011). A detailed description of the hydrodynamics, 
biogeochemistry and development of hypoxia within Lake Grevelingen is given in (Hagens et al., 
2015). The sampling site (water depth 45 m) is located in the central part of the Scharendijke basin, 
which is the deepest basin in Lake Grevelingen.

7.2.2 Core sampling
Sediment cores were collected using a UWITEC gravity corer with transparent PVC core liners 
of either 60 or 120 cm length (inner diameter 6 cm). Pore water was extracted immediately on 
recovery, either by centrifugation of sliced sediment samples or using rhizons (Seeberg-Elverfeldt et 
al. (2005); Rhizosphere Research Products). An overview of the different sampling methods applied 
during the various sampling campaigns is given in Appendix 7.A.

7.2.3 Core slicing and pore water collection
Upon recovery, one core was inserted into a nitrogen (N2)-purged glove bag through an airtight 
hole in the base. A bottom water sample was collected using a 20 mL plastic syringe from the 
overlying water of the core, and the remaining bottom water was removed. The core was then sliced 
under an inert atmosphere at 0.5 cm resolution for the first 0-2 cm, 1 cm resolution for 2-10 cm, 
and 2 cm for the rest of the core (> 10 cm) in November and December 2012, at 1 cm resolution 
for the first 0-5 cm, 2.5 cm resolution for 5-20 cm, and 4 cm for the rest of the core (> 20 cm) 
in February 2013, and at 1 cm resolution for the whole core in May 2015, respectively. For each 
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slice a sub-sample was placed in a pre-weighed glass vial for solid phase analysis and stored under 
N2 in airtight jars at -20 °C. A second sub-sample was transferred to a 50 mL centrifuge tube and 
centrifuged at 4500 rpm for 15 min. Both the supernatant water from each centrifuged sample 
and the bottom water sample were filtered through 0.45 µm pore size disposable filters via 20 mL 
plastic syringes in a glove bag under N2 and collected in 15 mL centrifuge tubes. Filtered pore water 
samples, including the bottom water sample, were sub-sampled under N2 for analysis of pore water 
ammonium (NH4

+), Fe, SO4
2- and dissolved sulfide (∑H2S = H2S + HS-).

7.2.4 Pore water sub-sampling
A pore water sub-sample of 0.5 mL was immediately transferred into a glass vial (4 mL) containing 
2 mL of 2 % zinc (Zn)-acetate solution to precipitate ZnS, which was stored at 4 °C. Sulfide 
concentrations were determined spectrophotometrically by complexion of the ZnS precipitate in an 
acidified solution of phenylenediamine and ferric chloride (Cline, 1969). The detection limit was 
~ 1 µmol L-1 and the sulfide standard was validated by titration with thiosulfate. Samples for NH4

+ 
were stored frozen at -20 °C until colorimetric determination on a nutrient auto-analyzer (Bran 
and Luebbe). Sub-samples for total dissolved S and Fe, which are assumed to represent SO4

2- and 
Fe2+, were acidified with 10 µL 35 % suprapur HCl per mL of sub-sample and stored at 4 °C until 
analysis by ICP-OES (Perkin Elmer Optima 3000 Inductively Coupled Plasma – Optimal Emission 
Spectroscopy).
 Diffusive fluxes (Ji, in mol cm-2 yr-1) of pore water constituents were calculated as:
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Fig. 7.1 | Bathymetric map of marine Lake Grevelingen. Cores were taken in the Scharendijke basin (51.742 °N, 
3.849 °E; black circle) between 2012 and 2015. The black rectangle indicates the location of Lake Grevelingen in The 
Netherlands (NL).



157

CH
A

PT
ER

 7

        (I)

where ϕ is the measured porosity, Di,sw is the molecular diffusion coefficient for solute i in seawater 
(cm2 yr-1), calculated as a function of the in situ temperature, pressure and salinity (Boudreau, 
1997), C is the concentration of substance i in mol cm-3, and x is the sediment depth in cm.

7.2.5 Methane sampling and analysis
Sediment samples for CH4 analysis were taken directly upon core retrieval through pre-drilled holes 
(diameter 2 cm; 5 cm vertical resolution) that were taped prior to coring. Precisely 10 mL of wet 
sediment was extracted from each hole and immediately transferred into a 65 mL glass bottle filled 
with a saturated NaCl solution. Each bottle was sealed with a black rubber stopper and screw cap, 
and subsequently stored upside-down. During analysis, a volume of 10 mL N2 was injected into the 
bottle and a sub-sample of the headspace was collected with a gas-tight syringe. Subsequently, CH4 
concentrations were determined by injection into a Thermo Finnigan Trace GC gas chromatograph 
(Flame Ionization Detector). δ13C-CH4 and δD-CH4 (D, deuterium) were analyzed by Continuous 
Flow Isotope Ratio Mass Spectrometry (CF-IRMS) as described in detail in Brass and Röckmann 
(2010), Egger et al. (2015b) and Sapart et al. (2011).

7.2.6 Sulfate reduction measurements
During the sampling campaign in November 2015, sediment samples for SO4

2- reduction rate 
measurements were taken from two separate cores, which were pre-drilled (diameter 2 cm; 5 cm 
vertical resolution) and taped prior to coring. The taped holes were cut open directly upon core 
retrieval and 5 mL of wet sediment was extracted using cut-off syringes. Subsequently, the syringes 
were sealed with parafilm that was tightly closed with an elastic band and stored under an inert 
nitrogen (N2) atmosphere in the dark at 4 °C.

A volume of 20 μL carrier-free 35SO4
2- (42.4 kBq) was injected in the syringes within 24 hours of 

coring. The sediment was incubated for 20 h in the dark at 4 °C before it was transferred to a 50 mL 
centrifuge tube containing 20 mL oxygen-free 20 % Zn-acetate to precipitate dissolved sulfide and 
terminate microbial activity (Fossing and Jørgensen, 1989; Kallmeyer et al., 2004; Kraal et al., 2013). 
Centrifuge tubes were subsequently stored frozen (-20 °C) under N2. Upon analysis, samples were 
washed two times with oxygen-free bottom water (10 mL) and centrifuged to remove pore water 
and unreacted 35SO4

2-. The reduced S was determined by extraction with an acidic chrome chloride 
solution for 48 h via the passive diffusion method described by Burton et al. (2008). Subsequently, 
SO4

2- reduction rates (SRR) were calculated by comparing the activity (decays per minute) of the 
radiolabeled total reduced inorganic sulfur (aTRIS) to the total SO4

2- radiotracer (aTOT) as described in 
Kallmeyer et al. (2004):

       (II)

where ϕ is the measured porosity, t is the incubation time in days and 1.06 is the correction factor 
for the expected isotopic fractionation (Jørgensen and Fenchel, 1974; Kallmeyer et al., 2004).

Di,sw

1 - 2lnϕ
Ji  = ϕ 

∆Ci

∆x

aTRIS

aTOT

SRR  = [SO4
2-] ϕ 

1
t

1.06
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7.2.7 Solid phase analysis
Sediment samples were freeze-dried, powdered and ground in an agate mortar inside an argon 
(Ar)-filled glove box and split into oxic and anoxic fractions. Samples from the oxic fraction were 
stored under normal atmospheric conditions and used for total elemental and organic carbon (Corg) 
analyses. Anoxic splits were used for sediment Fe speciation and kept under an inert, oxygen-free 
Ar or N2 atmosphere at all times to avoid oxidation artefacts.

7.2.7.1 Total elemental composition and organic carbon
A portion of ~ 125 mg of freeze-dried sediment was dissolved overnight in 2.5 mL HF (40 %) and 
2.5 mL of HClO4/HNO3 mixture, in a closed Teflon bomb at 90 °C. The acids were then evaporated 
at 160 °C (not to complete dryness) and the resulting gel was dissolved overnight in 1 M HNO3 at 
90 °C. Total elemental concentrations in the 1 M HNO3 solutions were determined by ICP-OES. 
A second split of ~ 0.3 g freeze-dried sediment was used to determine the Corg content using an 
elemental analyzer (Fison Instruments model NA 1500 NCS) after carbonate removal from the 
sediment with two washes with 1 M HCl (4 h and 12 h) followed by two washes with UHQ water 
and subsequent drying of the samples (Van Santvoort et al., 2002).

For simplicity, only solid phase data for May 2015, of which the most exhaustive dataset is 
available, are shown in the main text. Additional solid phase data for November 2012, December 
2012 and February 2013 are presented in Appendix 7.B and generally compare well with data 
from May 2015 when accounting for temporal changes in bottom water conditions and sediment 
deposition.

7.2.7.2 Sediment Fe fractionation
Sediment Fe was fractionated into i) carbonate associated Fe (“Fecarb”, including siderite and 
ankerite, extracted by 1 M Na-acetate brought to pH 4.5 with acetic acid, 24 h), ii) easily 
reducible (amorphous) oxides (“Feox1”, including ferrihydrite and lepidocrocite, extracted by 1 M 
hydroxylamine-HCl, 24 h), iii) reducible (crystalline) oxides (“Feox2”, including goethite, hematite 
and akagenéite, extracted by Na-dithionite buffer, pH 4.8, 2 h) and iv) Fe in recalcitrant oxides 
(mostly magnetite, “Femagn”, extracted by 0.2 M ammonium oxalate/0.17 M oxalic acid solution, 2 h), 
according to Poulton and Canfield (2005), using a ~ 50 mg aliquot of dried sediment.

A third 0.5 g aliquot of dried sediment was used to sequentially determine the amount of FeS 
(acid volatile sulfur, AVS, using 6M HCl) and FeS2 (chromium reducible sulfur, CRS, using acidic 
chromous chloride solution) via the diffusion-based approach described by Burton et al. (2008) 
using iodometric titration of the ZnS formed in the alkaline Zn-acetate traps to quantify AVS and 
CRS.

7.2.8 Reactive transport modeling
To gain a better quantitative understanding of the CH4 cycling at our study site, a simplified 
version of a previously developed 1-dimensional reactive transport model was applied (Egger 
et al., 2016; Rooze et al., 2016). The model describes the cycling of 14 particulate and dissolved 
chemical species (Appendix 7.C) in the upper 100 cm of sediment (0.5 mm vertical resolution) via 
a set of mass conservation equations, which include transport processes as well as biogeochemical 
transformations (Boudreau, 1997; Soetaert et al., 1996; Wang and Van Cappellen, 1996):

       (III)(1 - ϕ)
∂Cs

∂t
= -(1 - ϕ)v

∂Cs

∂x
+ ∑Rs
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Fig. 7.2 | Pore water profi les of key components, as well as isotopic composition of pore water CH4 and measured SO4
2- 

reduction rates (SRR) in sediments of the Scharendijke basin. δ13C-CH4 values are given in ‰ vs. VPDB (Vienna Pee 
Dee Belemnite) and δD-CH4 values are given in ‰ vs. V-SMOW (Vienna Standard Mean Ocean Water). Note that 
bubble formation and degassing of CH4 was observed during coring, indicating that actual CH4 concentrations likely 
are higher.

Fig. 7.3 | Vertical profi les of sedimentary Mo, total solid phase S and Corg. Grey bars indicate sediments that 
are enriched in Mo relative to the background, which is assumed to refl ect periods of seasonal hypoxia in Lake 
Grevelingen.
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       (IV)

where ϕ is the sediment porosity, Cs the concentration of the solid species (mol L-1; mass per unit 
volume of solids), Caq the concentration of the dissolved species (mol L-1; mass per unit volume of 
pore water), t is time (yr), x the distance from the sediment-water interface (cm), D΄ the diff usion 
coeffi  cients of dissolved species in the sediment (cm2 yr-1) at in situ conditions and corrected for 
the tortuosity in the porous medium (Boudreau, 1996) (Appendix 7.C). ∑Rs and ∑Raq are the net 
reaction rates of the solid and dissolved species from the chemical reactions they participate in 
(Appendix 7.C), and v and u the advective velocities (cm yr-1) of the solid and the dissolved species, 
respectively. Depth-dependent functions were used for porosity and advective velocities to account 
for sediment compaction (Meysman et al., 2005; Reed et al., 2011a) (Appendix 7.C and 7.D).

Reaction equations and corresponding reaction parameters implemented in the model, 
as well as model boundary conditions are given Appendix 7.C. Th e model code was written 
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in R (version 3.2.4) using the marelac geochemical dataset package (Soetaert et al., 2010) 
and the ReacTran package (Soetaert and Meysman, 2012) to calculate the transport terms. 
Upon discretization of the mass conservation equations, the set of equations was solved with 
the lsoda ordinary differential equation solver (Hindmarsh, 1983) and the model was run 
to steady state. For a detailed model description, the reader is referred to Egger et al. (2016).

7.3 Results

7.3.1 Pore water profiles
Concentrations of SO4

2- show a rapid decrease from ~ 25 mM at the sediment-water interface to 
~ 1-10 mM within the first 15 cm of sediment depth (Fig. 7.2). This decrease is accompanied by a 
steep increase of dissolved sulfide from < 0.1 mM near the surface to > 5 mM in the same zone. Pore 
water sulfide reaches a maximum at ~ 15-20 cm and is detected down to a depth of ~ 60 cm, but 
SO4

2- also remains at low but detectable levels (> 0.08 mM) within the depth horizon from 20 to 60 
cm.
 Measured concentrations of pore water CH4 vary between 1-5 mM throughout most of the core, 
but increase rapidly in the upper 10 cm from 50-100 μM at the sediment-water interface to > 1 mM 
at depth in the sediment. Note that extensive bubble formation and degassing of CH4 was observed 
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Fig. 7.5 | Profiles of selected pore water constituents and Corg, as well as rates of SO4
2- reduction (SRR), methanogenesis 

and SO4-AOM derived from the reactive transport model. Note that extensive bubble formation and degassing of 
CH4 was observed during coring, explaining the offset between modeled and measured CH4 concentrations at depth. 
Also note that the modeled CH4 concentrations exceed the CH4 solubility concentrations of ~ 10 mM, indicating the 
presence of free CH4 gas in the sediments of the Scharendijke basin. 
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during coring, suggesting that actual CH4 concentrations likely are higher. Dissolved Fe2+ profiles 
show distinct maxima of ~ 100 μM and ~ 350 μM around a depth of 1 cm and 2.5 cm in December 
2012 and February 2013, respectively. At depths of 40 to 60 cm, pore water Fe2+ increases again to 
at most ~ 200 μM near 90 cm. Vertical profiles of NH4

+ show a gradual increase to ~ 10-25 mM at 
depth.

The isotopic composition of pore water CH4 is depleted in 13C, showing values of δ13C-CH4 
around ~ -66 ‰ below 50 cm depth and of ~ -65 ‰ in the upper 50 cm of sediment (Fig. 7.2). In 
the bottom water samples, δ13C-CH4 increases to ~ -57 ‰. The values of δD-CH4 decrease from 
-220 ‰ at depth to ~ -250 ‰ close to the sediment surface, and increase again to ~ -206 ‰ in the 
bottom water. Measured SRR show highest rates of ~ 50-150 nmol cm-3 d-1 in the upper 20 cm of 
sediment and a subsequent gradual decrease to < 10 nmol cm-3 d-1 below 60 cm, resulting in an 
estimated areal SRR of ~ 9.2 mol m-2 yr-1.

7.3.2 Solid phase records
The sediments at the field site reveal distinct periodic peaks in solid phase molybdenum (Mo), with 
a characteristic periodicity of ~ 13 cm in the upper 50 cm of sediment, which decreases to ~ 7 cm at 
depth (Fig. 7.3). The total solid phase S profile shows a slightly increasing trend with depth until ~ 
50 cm and peaks in S generally correlate well with those in sedimentary Mo. Concentrations of Corg 
vary around ~ 2 to 3 wt.% throughout the whole core with maxima that coincide with peaks in Mo 
but no other discernible trend with depth (see also Appendix 7.B).

Total sedimentary Fe concentrations are around 400 μmol g-1 at the sediment surface, below 
which they rapidly increase to > 500 μmol g-1 (Fig. 7.4). Sedimentary FeS varies between ~ 50 to 150 
μmol g-1, while FeS2 increases with depth from ~ 50 μmol g-1 to > 100 μmol g-1. Concentrations of Fe 
associated with Fe carbonates and easily reducible (amorphous) oxides (Feox1) vary between ~ 100 to 
200 μmol g-1 and ~ 20 to 70 μmol g-1, respectively, and generally correlate well with concentrations 
of FeS. Reducible (crystalline) Fe oxides (Feox2) show a subsurface peak of ~ 50 μmol g-1 around 5 cm 
and decrease to ~ 20 μmol g-1 at depth. The concentration of recalcitrant oxides (mostly magnetite, 
Femagn) is around 10 μmol g-1. Concentrations of total sedimentary Fe oxides (i.e. the sum of Feox1, 
Feox2 and Femagn) remain above 50 μmol g-1 in the upper 100 cm of sediment.

7.3.3 Modeling results
The modelled pore water profiles of NH4

+, SO4
2- and dissolved sulfide are in good agreement with 

the measured data (Fig. 7.5). In addition, the model is able to reproduce the measured CH4 profile in 
the upper < 20 cm of sediment. However, while measured CH4 concentrations stay below ~ 5 mM, 
pore water CH4 accumulates to > 30 mM at depth in the model. Model-calculated concentrations 
of Corg, which are also constrained by the NH4

+ profiles, decrease from ~ 2.9 wt.% at the sediment 
surface to ~ 2.3 wt.% at depth, corresponding to a mineralization rate of ~ 20 mol C m-2 yr-1, an 
organic matter flux of ~ 91 mol C m-2 yr-1 at the sediment-water interface and ~ 71 mol C m-2 yr-1 
at the bottom of the model domain, respectively. Modelled SRR show a broad maximum of ~ 170 
nmol cm-3 d-1 within the upper 20 cm of sediment, consistent with estimated SRR based on 35SO4

2- 
radiotracer injection, and decrease to 14 pmol cm-3 d-1 at depth. Rates of methanogenesis increase 
from ~ 2 nmol cm-3 d-1 at 1 cm depth to ~ 20 nmol cm-3 d-1 below a depth of ~ 20 cm. Methane 
oxidation coupled to SO4

2- reduction displays highest rates of ~ 1.4 nmol cm-3 d-1 around 10 cm 
depth and declines to 0.28 pmol cm-3 d-1 at depth in the sediment.
 Depth-integrated rates of oxic mineralization, denitrification, organoclastic Fe oxide reduction, 
organoclastic SO4

2- reduction and methanogenesis over the upper meter of the sediment are 1.95, 
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0.15, 0.39, 10.42 and 6.86 C mol m-2 yr-1, respectively. Thus, SO4
2- reduction and methanogenesis 

account for an estimated ~ 53 % and ~ 35 % of total organic matter degradation in sediments of the 
Scharendijke basin.

7.4 Discussion

7.4.1 Seasonal hypoxia and rapid sediment accumulation
Seasonal hypoxia is a well-documented phenomenon in Lake Grevelingen. Bottom waters are 
generally oxygenated from September to May, while hypoxic and/or anoxic conditions prevail 
below ~ 15 m water depth from early June to late August (Hagens et al., 2015; Seitaj et al., 2015; 
Sulu-Gambari et al., 2016; Wetsteyn, 2011). The major controls of the annual extent and intensity 
of hypoxia in the lake are temperature-induced summer stratification, as well as input of organic 
matter from the adjacent eutrophic North Sea (Wetsteyn, 2011). In particular, intensive spring 
blooms of the marine phytoplankton Phaeocystis in the North Sea, influenced by anthropogenic 
eutrophication, are known to contribute to the carbon input to the lake and the increased oxygen 
demand in the deep basins of Marine Lake Grevelingen in spring and summer (Wetsteyn, 2011).

The Scharendijke basin forms the deepest basin in Lake Grevelingen, and so, it experiences 
the most intense and prolonged bottom water hypoxia (Wetsteyn, 2011). Accordingly, one expects 
an accumulation of sedimentary Mo during summer due to the conversion of seawater MoO4

2- to 
particle-reactive oxythiomolybdates in the presence of H2S near the sediment-water interface 
(Algeo and Lyons, 2006; Erickson and Helz, 2000; Kemp et al., 2009; Scott and Lyons, 2012). The 
oscillations in sedimentary Mo (Fig. 7.3) thus likely reflect seasonal cycles of anoxic bottom waters 
in the Scharendijke basin associated with summer stratification and water column hypoxia. Similar 
oscillations in solid phase Mo are observed in December 2012, but shifted by about ~ 32 cm in 
depth (Appendix 7.B). The sedimentary Mo record suggests exceptionally high rates of sediment 
accumulation in the Scharendijke basin, with an abrupt increase from ~ 7 cm yr-1 to ~ 13 cm yr-1 
around the year 2011. Based on the location of the study site in a deep basin with steeply inclined 
sides (Wetsteyn, 2011), it is likely that such rapid sediment accumulation is the result of lateral input 
and sediment focusing of material from both the North Sea and surrounding shallower areas of the 
lake.
 Comparing the Mo peak concentrations with the reported area of hypoxia in Lake Grevelingen 
(sediment surface area exposed to bottom waters with [O2] < 31 μM) (Wetsteyn, 2011) reveals a 
good correlation between the reported areal extent of hypoxia (data only available until 2010) and 
sedimentary Mo enrichments (Fig. 7.6). Using this linear correlation, we estimate an areal extent 
of hypoxia in Lake Grevelingen of 5.7 %, 0.5 %, 3.2 % and 2.9 % in the years 2011, 2012, 2013 and 
2014, respectively. The lower estimate for the hypoxic area in 2012 is consistent with water column 
data obtained during monthly cruises in 2012 (Hagens et al., 2015; Sulu-Gambari et al., 2016).

7.4.2 Organic matter burial and SO4
2- reduction

Rapid sediment accumulation and high concentrations of Corg reveal high rates of organic matter 
burial (~ 71 mol C m-2 yr-1) in sediments of the Scharendijke basin. This rate of organic matter burial 
is about an order of magnitude higher than typical rates of organic matter accumulation previously 
reported for estuarine sediments. For example, Thang et al. (2013) reported a rate of burial of 8.9-
9.5 mol C m-2 yr-1 at a coastal site in the Baltic Sea with ten times lower sedimentation rate (0.65-
0.95 cm yr-1). The resulting short residence time of organic matter in the main SO4

2- reduction zone 
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(< 5 years) at our site results in a burial efficiency of Corg of > 78 %, which is also exceptionally 
high when compared to burial efficiencies in other continental margin settings (e.g. (Hartnett et 
al., 1998)). Concentrations of Corg vary between 2 – 3 wt.% in the upper 1 m of sediment, with the 
highest concentrations in sediments deposited during summer, i.e. in sediments with high Mo 
contents (Fig. 7.3 and Appendix 7.B). This is likely the result of the input of organic matter from 
spring blooms in the adjacent eutrophic North Sea (Wetsteyn, 2011), and from spring and summer 
blooms within Lake Grevelingen (Hagens et al., 2015), combined with enhanced preservation of 
organic matter under bottom water hypoxia or anoxia in summer.

Pore water profiles of SO4
2- indicate that most of the SO4

2- reduction takes place in the upper 
20 cm of sediment (Fig. 7.2), consistent with highest measured and modeled SRR around 10 cm 
depth in the sediment (Figs. 7.2 and 7.5). Estimated areal SRR based on 35SO4

2- radiotracer injection 
(~ 9.2 mol m-2 yr-1) and reactive transport modeling (~ 10.4 mol m-2 yr-1) closely match the SRR 
estimated from the nearby Den Osse site within Lake Grevelingen (~ 11 mol m-2 yr-1) (Seitaj et 
al., 2015). These rates fall at the high end of the range of reported average SRR for estuaries and 
high-deposition coastal environments (~ 2.6-13 mol m-2 yr-1) (Bowles et al., 2014; Canfield, 2005). 
However, the estimated SRR are around a factor two higher than the diffusive fluxes of seawater 
SO4

2- into the sediments of the Scharendijke basin (1.9-4.5 mol m-2 yr-1). This difference between 
the estimated influx of SO4

2- into the sediment and measured areal SRR is likely due to the fact that 
diffusive fluxes represent net SO4

2- consumption, while SRR are a measure of total SO4
2- turnover 

(Jørgensen, 1978). Estimates based on pore water profiles of SO4
2- may thus underestimate the 

actual rate of SO4
2- reduction in marine sediments, as shown previously for example for Black Sea 

sediments (Egger et al., 2016; Jørgensen et al., 2001).

7.4.3 Fe reduction in the methanogenic sediments
The high rates of SO4

2- reduction in the upper 20 cm of sediment lead to a release of sulfide to 
the pore water and, as a consequence, diffusion of dissolved sulfide towards the sediment surface 
and into the deeper sediment deposits (Fig. 7.2). Pore water profiles of dissolved sulfide and Fe2+ 
available for February 2013 reveal that Fe2+ builds up at depth, as soon as pore waters become 
depleted in sulfide (< 30 μM). Thus, the increase in dissolved Fe2+ provides a reliable estimate for 
the sulfide penetration depth for sampling campaigns where no sulfide data are available, indicating 
that pore water sulfide is confined to the upper ~ 40 to 60 cm of sediment. This restriction of sulfide 
is due to the formation of FeS by reactions with sedimentary Fe oxides and dissolved Fe2+, as well 
as subsequent conversion to pyrite via the sulfide pathway (Appendix 7.C). The rapid sediment 
accumulation in the Scharendijke basin, however, reduces the exposure time of Fe oxides to 
dissolved sulfide, allowing for the burial of abundant reducible Fe oxides past the sulfidic zone (Fig. 
7.4) and their reduction at depth below the SO4

2 – bearing zone (Fig. 7.2).
To date, the underlying mechanism for the reduction of Fe oxides in methanogenic sediments 

remains enigmatic. The rapid burial of fresh organic matter into the deep sediments may suggest 
that the observed increase in dissolved Fe2+ at depth is due to organoclastic Fe oxide reduction, 
i.e. the reduction of Fe oxides coupled to organic matter degradation. However, the presence of Fe 
oxides is commonly proposed to exert a suppressive effect on methanogenesis because Fe-reducing 
organisms are able to outcompete methanogens for common substrates (e.g. acetate and hydrogen), 
reducing the concentration of these primary electron donors to levels that are too low for the 
growth of CH4-producing organisms (Achtnich et al., 1995; Lovley and Phillips, 1987; Lovley 
et al., 1989). In addition, Fe oxides may also directly inhibit CH4 production due to the capability 
of methanogens to switch from CH4 production to the energetically more favorable reduction of 
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Fe oxides (Bodegom et al., 2004; Bond and Lovley, 2002; Liu et al., 2011; Reiche et al., 2008; Sivan 
et al., 2016; Vargas et al., 1998). The isotopic composition of pore water CH4 in sediments of the 
Scharendijke basin (Fig. 7.2) indicates a biological origin (Whiticar, 1999). Active methanogenesis 
could therefore indicate limited organoclastic Fe oxide reduction. Recent studies, however, 
documented that the crystallinity and conductivity of Fe oxides are crucial factors in determining 
whether CH4 production is suppressed or, in fact, stimulated in Fe oxide-rich environments (Cruz 
Viggi et al., 2014; Kato et al., 2012; Li et al., 2014; Zhou et al., 2014; Zhuang et al., 2015). The presence 
of sedimentary (semi)conductive Fe oxides (e.g. hematite and magnetite) at our study site (Fig. 7.4) 
could thus potentially allow for concurrent methanogenesis and organoclastic Fe oxide reduction 
through direct interspecies electron transfer (Cruz Viggi et al., 2014; Kato et al., 2012; Li et al., 2014; 
Zhou et al., 2014; Zhuang et al., 2015).

We further propose that the high sediment accumulation rates and, as a consequence, the 
short residence time of organic matter and Fe oxides in the SO4

2- reduction zone may provide 
enough substrate for the concurrent production of CH4 and the organoclastic reduction of Fe 
oxides at depth in the sediment. In highly dynamic organic-rich depositional systems, such as the 
Scharendijke basin, organoclastic Fe oxide reduction could occur throughout the zone of SO4

2- 
reduction and at depth in the methanogenic sediments, with Fe2+ only accumulating when the pore 
waters are depleted in dissolved sulfide.
Interactions between pore water sulfide and deeply buried solid phase Fe oxides could also result 
in a release of Fe2+ into the pore water at depth in the sediment. In this mechanism, Fe oxides 
enhance the recycling of dissolved sulfide to SO4

2- in a cryptic S cycle by formation and subsequent 
disproportionation of elemental S (S0) (Holmkvist et al., 2011a). This SO4

2- production from 
re-oxidation of dissolved sulfide with oxidized Fe minerals may thus partly explain the significant 
SRR (~ 3-20 nmol cm-3 d-1) measured below the main zone of SO4

2- reduction at our study site (Fig 
7.2), by stimulating slow rates of organoclastic SO4

2- reduction and/or SO4
2 – driven AOM (Egger et 

al., 2016; Holmkvist et al., 2011b, 2014; Knab et al., 2009; Leloup et al., 2007, 2009; Sivan et al., 2014; 
Treude et al., 2014).

A third feasible mechanism for the accumulation of dissolved Fe2+ at depth is AOM coupled to 
Fe oxide reduction (Fe-AOM) (Beal et al., 2009):

CH4 + 8Fe(OH)3 + 15H+ → HCO3
- + 8Fe2+ + 21H2O                    (V)

where sedimentary Fe oxides serve as the terminal electron acceptors for the biological oxidation 
of pore water CH4. In theory, the preservation of Fe oxides in the methanogenic sediments as 
a result of rapid sediment accumulation and thus reduced exposure of solid phase Fe oxides to 
sulfidic pore waters would allow for such a coupling between CH4 oxidation and Fe oxide reduction 
in the sediments of the Scharendijke basin. Although an increasing body of geochemical evidence 
indicates that Fe-AOM might be occurring in a variety of different aquatic environments (Amos 
et al., 2012; Crowe et al., 2011; Egger et al., 2015b, 2016; Riedinger et al., 2014; Segarra et al., 
2013; Sivan et al., 2011; Wankel et al., 2012), the microbes facilitating these reactions have yet to 
be identified. The large multi-haem cytochromes (proteins mediating electron transport) in the 
genomes of one type of methanotrophic archaea known as ANME-2, however, indicate that these 
organisms should also be able to respire solid Fe oxides through extracellular electron transfer 
(McGlynn et al., 2015; Rotaru and Thamdrup, 2016; Scheller et al., 2016; Wagner, 2015; Wegener et 
al., 2015). Based on the available data, identification of a main Fe oxide reduction pathway at depth 
in the sediment at our study site remains speculative.
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7.4.4 Limited CH4 removal through AOM
Concentrations of dissolved CH4 linearly decrease from around 20 cm depth towards the 
sediment-water interface, i.e. throughout the zone with high rates of SO4

2- reduction (Fig. 7.2). 
Similar overlapping pore water profiles of SO4

2- and CH4 have been observed previously in marine 
sediments (Devol et al., 1984; Iversen and Jorgensen, 1985; Jørgensen et al., 2001; Knab et al., 2009; 
Piker et al., 1998; Thang et al., 2013; Treude et al., 2005) and were interpreted as an indication for 
limited removal of pore water CH4 with SO4

2-, which should result in a concave shaped profile of 
dissolved CH4 in the SO4

2- reduction zone, and potential CH4 production above the SMTZ.
The oxidation of CH4 coupled to SO4

2- reduction typically results in a progressive enrichment 
of the residual upward diffusing CH4 in 13C-CH4 and D-CH4 due to the preferential oxidation of 
isotopically light CH4 during AOM (Alperin et al., 1988; Martens et al., 1999; Reeburgh, 2007; 
Whiticar, 1999). Pore water CH4 in sediments of the Scharendijke basin, however, shows no positive 
excursion towards isotopically enriched CH4 in the zone of SO4

2- reduction (Fig. 7.2). Instead, 
CH4 seems to bypass the SO4

2- reduction zone without any significant change in δ13C-CH4 and to 
escape into the bottom water, where aerobic CH4 oxidation results in a shift towards heavier δ13C-
CH4. Note that the small negative excursion in δ13C-CH4 around 60 cm depth in the sediment could 
indicate enzyme-mediated equilibrium carbon isotope exchange during AOM at low (< 0.5 mM) 
SO4

2- concentrations (Holler et al., 2012; Yoshinaga et al., 2014). In this mechanism, SO4
2- limitation 

leads to an apparent inverse isotope effect due to an enzyme-level reversibility of AOM, where the 
relative equilibrium fractionation of the reverse reaction (i.e. AOM back flux) exceeds the forward 
reaction. Interestingly, the negative 13C excursion in pore water CH4 coincides with the sulfide 
penetration depth, suggesting that the production of SO4

2- from re-oxidation of dissolved sulfide 
with oxidized Fe minerals could fuel low rates of SO4-AOM at this depth.

Instead of exhibiting the characteristic shift towards more δD-enriched CH4 commonly 
observed in the SMTZ, pore water CH4 is depleted in δD around the zone of SO4

2- reduction 
compared to CH4 at depth. Such a negative excursion in δD-CH4 may point towards a substrate 
shift from CO2 reduction at depth to acetate fermentation in the SO4

2- reduction zone, as CH4 
produced from acetate fermentation is generally more depleted in heavy D isotopes relative to CH4 
from CO2 reduction (Whiticar, 1999). This rather unusual observation implies CH4 production in 
the surface sediments characterized by high rates of SO4

2- reduction. In these sediments, the SO4
2- 
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Fig. 7.6 | A comparison between the measured sedimentary Mo peak concentrations and the reported area of hypoxia 
for the years 2007 to 2010 (Wetsteyn, 2011) reveals a linear correlation (y = 0.0475x + 0.121).
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– reducing bacteria are thought to outcompete methanogens for the available hydrogen necessary 
for CO2 reduction. However, our results suggest that the high burial rates of relatively fresh organic 
matter may provide enough methanogenic substrates, such as acetate, to allow for concurrent SO4

2- 
reduction and acetate fermentation in the surface sediments.

Previous studies have shown that, when co-occurring, CH4 production may conceal the 
isotopic signature of AOM (Borowski et al., 1997; Egger et al., 2015b; Knab et al., 2009; Seifert et 
al., 2006). Methanogenesis in the surface sediments could therefore mask small rates of AOM in 
the SMTZ. In the model, we allowed for CH4 production in the SO4

2- reduction zone (Appendix 
7.C) to estimate the relative contribution of methanogenesis and AOM required to reconstruct the 
observed pore water profile of CH4 around the SMTZ at our study site (Fig. 7.5). Depth-integrated 
rates of CH4 production (~ 0.22 mol CH4 m-2 yr-1) and SO4-AOM (~ 0.07 mol CH4 m-2 yr-1) in the 
upper 20 cm of sediment reveal a ratio of AOM/CH4 production of 0.32. Considering the reported 
range of C isotope fractionation factors (εC) associated with methanotrophy (εC = 4-30 ‰) and 
methanogenesis (εC = 49-95 ‰) (Whiticar, 1999), such an AOM/CH4 production ratio could allow 
an isotopic balance of CH4 production and consumption, i.e. no significant change in δ13C-CH4, as 
observed in sediments of the Scharendijke basin.

Based on these results, we conclude that the surface sediments of the Scharendjike basin are 
most likely characterized by a complex interplay of concurrent SO4

2- reduction and slow rates of 
CH4 production and consumption, supporting recent findings showing that the traditional concept 
of a strict dissimilatory respiration sequence is oversimplified and that SO4

2- reduction, AOM and 
methanogenesis can co-occur in marine sediments (Egger et al., 2016; Holmkvist et al., 2011b; Knab 
et al., 2009; Leloup et al., 2007, 2009; Maltby et al., 2016; Seifert et al., 2006; Sivan et al., 2014, 2016; 
Treude et al., 2014).

The modeled rates of SO4-AOM (~ 1.4 nmol cm-3 d-1) are within the range of AOM rates (~ 
0.1-3 nmol cm-3 d-1) reported in sediments of the North Sea (Niemann et al., 2005) and Skagerrak 
(Parkes et al., 2007), where pore water CH4 is efficiently removed within the SMTZ. The small 
energetic yields and low growth rates of methanotrophic communities (Dale et al., 2008; Nauhaus 
et al., 2007) likely play a key role in the inefficient CH4 consumption through AOM observed in 
the sediments from the Scharendijke basin. In accordance with a recent study in estuarine Baltic 
Sea sediments (Thang et al., 2013), we suggest that the CH4 oxidizing microorganisms may have 
difficulties in keeping up with very rapid sediment accumulation in coastal environments. High 
sediment burial rates reduce the residence time of methanotrophic organisms in the SMTZ. Given 
the short residence time, the CH4 oxidizing microorganisms cannot build-up sufficient biomass to 
entirely consume the upward diffusing CH4 (Dale et al., 2008).

The relatively slow removal of CH4 in the SO4
2- reduction zone when compared to the CH4 

production close to the sediment surface at our study site leads to a release of CH4 from the 
sediment into the overlying water column. Diffusive fluxes based on the pore water profiles of 
CH4 (0.2-0.8 mol m-2 yr-1) are in good agreement with the modeled CH4 efflux of ~ 0.5 mol m-2 
yr-1. These CH4 efflux rates fall in the range of CH4 fluxes reported for brackish coastal regions, 
but are three orders of magnitude higher than typical CH4 fluxes from diffusive marine sediments 
(Table 7.1). When compared to marine seep sediments with an advective CH4 transport regime 
in active ocean margin sites, the CH4 efflux at our study site falls within the lower range of CH4 
fluxes reported (Table 7.1). The CH4 efflux from Scharendijke sediments to the water column, 
however, likely is even higher during the summer months when bottom waters are hypoxic and/
or anoxic (e.g. Crill and Martens (1983), Gelesh et al. (2016) and Heyer and Berger (2000)), 
thus increasing the potential for CH4 to escape to the atmosphere at the end of summer hypoxia 
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Table 7.1 | Reported CH4 effluxes from brackish and marine sediments in mol m-2 yr-1.

Area Salinity CH4 efflux Reference

Tidal flats ~ 1 – 26 0.04 – 8 a Borges and Abril (2012)
Tidal marshes ~ 1 – 35 0.01 – 6 a Borges and Abril (2012)
European tidal estuary (Westerschelde Estuary) ~ 1 – 30 0.04 - 70 b Middelburg et al. (1996)
Mangroves ~ 7 – 56 0.01 – 1.9 Borges and Abril (2012)
Himmerfjärden estuary (Baltic Sea, Sweden) 5 – 7 0.1 – 0.8 Thang et al. (2013)
Southern Baltic Sea coast (Germany) 7 – 10 0.02 – 57 c Heyer and Berger (2000)
Gdansk Deep (South eastern Baltic Sea, gassy sediments) 8 – 12 c 0.04 – 1.2 c Ulyanova et al. (2012)
Cape Lookout Bight (North Atlantic) ~ 34 0.4 – 23 e Crill and Martens (1983)
Active margins site (including CH4 seeps) ~ 34 – 36 0.04 – 33 Dale et al. (2008)
Passive margins site ~ 34 – 36 2 * 10-4 Dale et al. (2008)
Scharendijke basin (Lake Grevelingen, North Sea) 29 – 32 0.2 – 0.8 f This study

a Excluding freshwater sites (i.e. salinity < 1) and sites affected by sewage; b fluxes of > 200 mol m-2 yr-1 are reported for the 
freshwater endmember; c values in October are between 0.01 and 0.06 mol m-2 yr-1, while values for June/July range from 13 to 57 
mol m-2 yr-1, respectively; d Rak and Wieczorek (2012); e Annual range, with fluxes of < 0.5 mol m-2 yr-1 between November and May, 
and a peak of 23 mol m-2 yr-1 in August; f Data available for October until May. Note that fluxes are likely higher during summer 
hypoxia (i.e. between June and September).

(Gelesh et al., 2016). In addition, the high concentrations of CH4 at depth in the model (> 30 mM) 
exceed the CH4 solubility concentrations of ~ 10 mM for the environmental conditions at our study 
site (Mogollón et al., 2013). Thus, the presence of free CH4 gas and subsequent ebullition could 
further increase the potential CH4 loss from the sediments of the Scharendijke basin.

7.5 Conclusions

The Scharendijke basin, located in a former estuarine channel of Lake Grevelingen, is characterized 
by high organic matter input to the sediment (~ 91 mol C m-2 yr-1) and seasonal bottom water 
hypoxia. Rapid sediment accumulation (~ 13 cm yr-1) in this coastal basin results in a high 
burial efficiency of organic matter past the zone of SO4

2- reduction (> 78 %), thereby fueling CH4 
production at depth in the sediment. However, unlike in most marine systems studied to date, 
the upward diffusing CH4 is not efficiently removed in the SMTZ, resulting in high CH4 effluxes 
from the sediment into the overlying water column (0.2-0.8 mol m-2 yr-1). Methane isotope analysis 
suggests that these high CH4 effluxes are due to (acetotrophic) methanogenesis in the surface 
sediments and the lack of substantial CH4 removal in the SMTZ. During summer hypoxia, CH4 
fluxes from the sediment are likely even higher, which may allow CH4 to accumulate below the 
pycnocline in the water column (Gelesh et al., 2016). Passing summer storms, in particular towards 
the end of summer hypoxia, could thus result in a release of the CH4 to the atmosphere.

Our results indicate that, in rapidly accumulating marine coastal sediments, slow-growing 
methanotrophic organisms may not be able to build up sufficient biomass to allow for efficient 
consumption of pore water CH4. High organic matter input could further support the co-occurrence 
of various dissimilatory respiration processes allowing for CH4 production in shallow sediments of 
eutrophic coastal areas. We conclude that anthropogenic eutrophication of coastal systems thus may 
increase the release of CH4 from these sediments.
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Appendix 7.A: Sampling campaigns

Table A7.1 | Overview of sampling campaigns in the Scharendijke basin.

Campaign Core
slicing

Rhizon
sampling

CH4

sampling
SRRa

measurements Core tube lengthb

18-10-2012 - X - - 120 cm
06-11-2012 X X X - 60 cm & 120 cm
03-12-2012 X - - - 60 cm
12-02-2013 X - X - 120 cm
13-05-2013 - X X - 120 cm
27-05-2015c X - - - 120 cm
10-11-2015 - X X X 120 cm 

a SRR = sulfate reduction rates; b core diameter was 6 cm for all cores; c no pore water data available. 

Appendix 7.B: Additional solid phase profiles

Fig. A7.1 | Solid phase depth profiles from sediment cores collected between 2012 and 2015 in the Scharendijke 
basin of Lake Grevelingen. The figure on the right shows the Mo profile for December 2012 (offset by 1 μmol g-1 for 
visualization purposes) relative to the sediment-water interface in May 2015, assuming an average sedimentation 
velocity of 13 cm yr-1 (i.e., a sediment deposition of ~ 32 cm between 3 December 2012 and 27 May 2015).
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Appendix 7.C: Model parameters

Table A7.2 | Chemical species included in the model.

Species Notation Type

Organic mattera OMα,β Solid

Iron oxidesa Fe(OH)3
α,β Solid

Iron monosulfide FeS Solid

Pyrite FeS2 Solid

Elemental sulfur S0 Solid

Oxygen O2 Solute

Sulfate SO4
2- Solute

Iron Fe2+ Solute

Hydrogen sulfideb ∑H2S Solute

Methane CH4 Solute

Ammoniumb ∑NH4
+ Solute

Nitrate NO3
- Solute

a There are two types of species: reactive (α) and less reactive (β); b ∑ denotes that all species of an acid are included

Table A7.3 | Environmental parameters used in the model.

Parameter Symbol Value Units

Porosity at surface ϕ0 0.893 -
Porosity at depth ϕ∞ 0.860 -
Porosity e-folding distance γ 40 cm
Sediment density ρ 2.65 g cm-3
Temperature T 4 oC
Salinity S 32 -
Pressure P 5.5 bar

Tortuosity θ2 1 - 2 ln(ϕ) -

Molecular diffusion coefficient corrected for tortuosity D΄
Dm

θ2
D' = cm-2 yr-1

Sediment accumulation rate Fsed 3.767 g cm-2 yr-1

Advective velocity at surface v0

Fsed

ρ(1 - ϕ0 )
cm yr-1

Advective velocity at depth v∞

Fsed

ρ(1 - ϕ∞ )
cm yr-1
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Table A7.4 | Reaction pathways and stoichiometries implemented in the model.

Primary redox reactions*

OMα,β + aO2 → aCO2 + bNH4
+ + aH2O R1

OMα,β + 0.8aNO3
- + 0.8aH+ → aCO2 + bNH4

+ + 0.4aN2 + 1.4aH2O R2

OMα,β + 4aFe(OH)3
α + 12aH+ → aCO2 + bNH4

+ + 4aFe2+ + 13aH2O R3
OMα,β + 0.5aSO4

2- + aH+ → aCO2 + bNH4
+ + 0.5aH2S + aH2O R4

OMα,β → 0.5aCO2 + bNH4
+ + 0.5aCH4 R5

Secondary redox and other reactions†

2O2 + NH4
+ + 2HCO3

- → NO3
- + 2CO2 + 3H2O R6

O2 + 4Fe2+ + 8HCO3
- + 2H2O → 4Fe(OH)3

α + 8CO2 R7
2O2 + FeS → SO4

2- + Fe2+ R8
7O2 + 2FeS2 + 2H2O → 4SO4

2- + 2Fe2+ + 4H+ R9
2O2 + H2S + 2HCO3

- → SO4
2- + 2CO2 + 2H2O R10

2O2 + CH4 → CO2 + 2H2O R11
2Fe(OH)3

α + H2S + 4CO2 → 2Fe2+ + S0 + 4HCO3
- + 2H2O R12

2Fe(OH)3
β + H2S + 4CO2 → 2Fe2+ + S0 + 4HCO3

- + 2H2O R13
Fe2+ + H2S → FeS + 2H+ R14
FeS + H2S → FeS2 + H2 R15
4S0 + 4H2O → 3H2S + SO4

2- + 2H+ R16
FeS + S0 → FeS2 R17
SO4

2- + CH4 + CO2 → 2HCO3
- + H2S R18

* Organic matter (OM) is of the form (CH2O)a(NH4
+)b, with ‘a’=1 and ‘b’ = 1/16. Note that both organic matter and Fe oxides are 

divided into a highly reactive (α) and less reactive (β) phases to account for differences in reactivity and crystallinity between 
different species. The reaction network is based on Egger et al. (2016) and Rooze et al. (2016). R6 = nitrification; R7 = Fe(OH)3 
formation; R8 = FeS oxidation; R9 = FeS2 oxidation; R10 = H2S oxidation; R11 = aerobic CH4 oxidation; R12 and R13 = Fe(OH)3 
reduction by H2S; R14= FeS formation; R15 = pyrite formation (H2S pathway); R16 = S0 disproportionation; R17= pyrite formation 
(polysulfide pathway); R18 = SO4-AOM. 

Table A7.5 | Reaction equations implemented in the model.

Primary redox reaction equations

( [O2]

KO2 + [O2]
R1 = kα,βOMα,β ) E1

R2 = kα,βOMα,β( [NO3
-]

KNO3
- + [NO3

-])( KO2

KO2 + [O2]) E2

R3 = kα,βOMα,β( [Fe(OH)3
α]

KFe(OH)3
α + [Fe(OH)3

α])( KNO3
-

KNO3
- + [NO3

-])( KO2

KO2 + [O2]) E3

R4 = ΨSO4kα,βOMα,β( [SO4
2-]

KSO4
2- + [SO4

2-] )( KFe(OH)3
α

KFe(OH)3
α + [Fe(OH)3

α])( KNO3
-

KNO3
- + [NO3

-])( KO2

KO2 + [O2]) E4

R5
α  = ΨCH4kαOMα( KSO4

2-

KSO4
2- + [SO4

2-] )( KFe(OH)3
α

KFe(OH)3
α + [Fe(OH)3

α])( KNO3
-

KNO3
- + [NO3

-])( KO2

KO2 + [O2]) E5a

R5
β  = ΨCH4kβOMβ( KFe(OH)3

α

KFe(OH)3
α + [Fe(OH)3

α])( KNO3
-

KNO3
- + [NO3

-])( KO2

KO2 + [O2]) E5b *
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Secondary redox and other reaction equations

R6  = k1[O2][NH4
+] E6

R7  = k2[O2][Fe2+] E7
R8  = k3[O2][FeS] E8
R9  = k4[O2][FeS2] E9
R10 = k5[O2][∑H2S] E10
R11 = k6[O2][CH4] E11
R12 = k7[Fe(OH)3

α][∑H2S] E12
R13 = k8[Fe(OH)3

β][∑H2S] E13
R14 = k9[Fe2+][∑H2S] E14
R15 = k10 [FeS] [∑H2S] E15
R16 = k11[S0] E16
R17 = k12 [FeS] [S0] E17
R18 = k13[SO4

2-][CH4] E18

* Note that methanogenesis with the β fraction of organic matter is not inhibited by SO4
2- reduction to allow for CH4 production in 

the SO4
2- reduction zone as indicated by the shift towards more D-depleted CH4 in the surface sediments (Fig. 7.2). 

Table 7.6 | Reaction parameters used in the model.

Parameter Symbol Value Units Values given in literature

Decay constant for OMα kα 1.62 yr-1 0.05-1.62 a, b

Decay constant for OMβ kβ 0.0086 yr-1 0.0086 b

Limiting concentration of O2 KO2 0.02 mM 0.001-0.03 c

Limiting concentration of NO3
- KNO3- 0.004 mM 0.004-0.08 c

Limiting concentration of Fe(OH)3 KFe(OH)3 65 µmol g-1 65-100 c

Limiting concentration of SO4
2- KSO42- 1.6 mM 1.6 c

Attenuation factor for SO4
2- reduction ψSO4 0.101 - 0.00157-0.075 b, d, e

Attenuation factor for methanogenesis ψCH4 0.0125 - 0.00157-0.075 b, d, e

Rate constant for reaction E6 k1 104 mM-1 yr-1 5’000-39’000 c, d

Rate constant for reaction E7 k2 1.4 * 105 mM-1 yr-1 140’000 c

Rate constant for reaction E8 k3 300 mM-1 yr-1 300 c

Rate constant for reaction E9 k4 1 mM-1 yr-1 1 c

Rate constant for reaction E10 k5 160 mM-1 yr-1 ≥ 160 c

Rate constant for reaction E11 k6 104 mM-1 yr-1 10’000’000 c

Rate constant for reaction E12 k7 10 mM-1 yr-1 8-100 c, e, f

Rate constant for reaction E13 k8 0.004 mM-1 yr-1 0.95-5.6 e, f

Rate constant for reaction E14 k9 100 mM-1 yr-1 100-14’800 b, d, e, f

Rate constant for reaction E15 k10 0.0003 mM-1 yr-1 0.0003-3.15e, f, g

Rate constant for reaction E16 k11 3 yr-1 3 h

Rate constant for reaction E17 k12 0.1 mM-1 yr-1 0.001-7e, f, h

Rate constant for reaction E18 k13 0.029 mM-1 yr-1 0.14-120c, e, f

a Moodley et al. (2005); b Reed et al. (2011a); c Wang and Van Cappellen (1996); d Reed et al. (2011b); e Egger et al. (2016); f Rooze et al. 
(2016); g Rickard and Luther (1997); h Berg et al. (2003)
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Table 7.7 | Model boundary conditions.

Solids (flux at SWI) Value Units

J(OMα) 59.9 mol m-2 yr-1

J(OMβ) 31.4 mol m-2 yr-1

J(Fe(OH)3
α) 0.2 mol m-2 yr-1

J(Fe(OH)3
β) 4.1 mol m-2 yr-1

J(FeS) 0 mol m-2 yr-1

J(FeS2) 0 mol m-2 yr-1

J(S0) 0 mol m-2 yr-1

Solutes (Bottom water concentrations) Value Units

[O2] 0.18 mol m-3

[NO3
-] 0 mol m-3

[SO4
2-] 25.2 mol m-3

[Fe2+] 0 mol m-3

[H2S] 0 mol m-3

[NH4
+] 0 mol m-3

[CH4] 0 mol m-3

For all chemical species, a zero-gradient boundary condition was specified at the bottom of the model domain. SWI = sediment-
water interface.

Appendix 7.D: Porosity profile

Fig. A7.2 | Measured (diamonds) and modeled (black line) sediment porosity at Scharendijke basin. 
Data from February 2013. 
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Samenvatting (Summary in Dutch)

Methaan (CH4) is een sterk broeikasgas in de atmosfeer van de Aarde. Het potentieel van CH4 om 
warmte vast te houden is 28 tot 34 keer groter dan dat van koolstofdioxide (CO2) op een tijdschaal 
van tientallen jaren. Een groot deel van het CH4 wordt in de zeebodem gevormd tijdens het proces 
van methanogenese. Dit is de laatste stap in de fermentatie van organisch materiaal dat wordt 
afgezet op de zeebodem. De bijdrage vanuit de zeebodem maakt echter slechts een klein deel uit van 
het netto atmosferische budget van dit sterke broeikasgas, ondanks de hoge productiesnelheden van 
CH4 in kustsedimenten. Dit komt doordat meer dan 90 % van het CH4 dat in de zeebodem wordt 
gevormd wordt afgebroken voordat het de oceanen verlaat. Anaërobe oxidatie van methaan (AOM) 
met sulfaat (SO4

2-), een proces dat in eerste instantie slechts werd gezien als een biogeochemische 
curiositeit, is hier verantwoordelijk voor. De verwijdering van CH4 in een duidelijk afgebakende 
sulfaat/methaan transitiezone (SMTZ) op diepte in de zeebodem zorgt ervoor dat grote 
hoeveelheden CH4 niet ontsnappen naar de atmosfeer, waar het anders van grote invloed zou zijn 
op het wereldwijde klimaat.

De reacties en factoren die de snelheid bepalen waarmee CH4 wordt geoxideerd in zuurstofloze 
mariene sedimenten worden nog steeds niet goed begrepen. De huidige kennis suggereert dat deze 
afbraak van CH4 wordt uitgevoerd door een syntropische samenwerking tussen methanotrofe, 
d.w.z. CH4-oxiderende (zogenaamde methanotrofe) archaea en SO4

2 – reducerende bacteriën. Een 
beter begrip van het mechanisme dat ten grondslag ligt aan de CH4 oxidatiezone is zeer belangrijk 
om beter te kunnen voorspellen hoe methanotrofe gemeenschappen zullen reageren op een sterk 
versnelde toevoer van CH4 in de toekomst. Dit kan bijvoorbeeld gebeuren wanneer temperatuur-
gevoelige methaanhydraten destabiliseren, of meer organisch materiaal wordt afgezet op de 
zeebodem door eutrofiëring.

Grote multi-heem cytochromen in de genomen van methanotrofe archaea zijn een indicatie dat 
CH4 oxidatoren ook in staat zouden moeten zijn om metaaloxides (bijv. ijzeroxides) te gebruiken 
als elektronacceptoren. Deze potentiële koppeling tussen CH4 oxidatie en reductie van ijzeroxides 
(Fe-AOM) wordt ondersteund door groeiend geochemisch bewijs dat is vergaard in een groot 
aantal verschillende aquatische milieus. De omstandigheden die Fe-AOM in mariene sedimenten 
bevorderen zijn echter nog niet goed bestudeerd. De belangrijkste benodigdheid voor dit proces is 
de gelijktijdige aanwezigheid van CH4 in het poriewater en sediment rijk aan ijzeroxides.

De aanwezigheid van SO4
2- in zeewater zal echter de microbiële reductie van SO4

2- stimuleren 
waarbij opgeloste sulfide geproduceerd wordt. Dit heeft meestal tot gevolg dat ijzeroxides in het 
sediment reductieve oplossing ondergaan, waardoor het meeste reduceerbare ijzer (Fe) wordt 
omgezet in authigene ijzersulfides. Significante hoeveelheden ijzeroxides onder de zone van SO4

2 

– reductie zullen dus voornamelijk worden aangetroffen in afzettingen met een relatief hoge 
toevoer van ijzeroxides in verhouding tot de hoeveelheid in situ geproduceerde sulfide. Hierdoor 
kan een deel van de ijzeroxides ontsnappen aan omvorming tot ijzersulfides en bewaard blijven in 
de diepere methanogene sedimenten. Bovendien kunnen verstoringen door menselijk handelen, 
zoals eutrofiëring of klimaatverandering leiden tot de begraving van ijzeroxides onder de sulfide-
houdende sedimentlagen. Dit kan ook zorgen voor omstandigheden die een koppeling tussen de 
reductie van ijzeroxides en CH4-oxidatie bevorderen en zo wellicht het atmosferische budget van 
CH4 beïnvloeden.
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Een reactiepad voor de oxidatie van CH4 met Fe kan ook effect hebben op de sterk gekoppelde 
mariene kringlopen van Fe en fosfor (P). Dit zijn beide essentiële voedingsstoffen voor plankton, 
de basis van het mariene voedselketen. Tot op heden is er weinig bekend over hoe CH4-oxidatie 
de beschikbaarheid van deze limiterende voedingsstoffen in de waterkolom, en daarmee primaire 
productie in de oceanen, kan beïnvloeden. Dit proefschrift heeft als doel om ons begrip van CH4-
oxidatie in mariene sedimenten en de rol die het speelt in de biogeochemische kringlopen van Fe en 
P te verbeteren. In het bijzonder wordt de potentiële rol van ijzeroxides als oxidant in de biologische 
omzetting van opgelost CH4 naar CO2 besproken, alsmede de mogelijke consequenties die dit heeft 
voor de begraving van P in kustsedimenten.

Studielocaties en geochemische methoden

Om de gekoppelde dynamiek van CH4, Fe en P in mariene sedimenten te ontrafelen zijn er 
verschillende afzettingsmilieus onderzocht. De gekozen locaties omvatten (i) brakke sedimenten uit 
de Botnische Golf waar door menselijk handelen een verandering in de toevoer van voedingsstoffen 
heeft plaatsgevonden, (ii) sedimenten uit de Oostzee en Zwarte Zee waarin de overgang van een 
zoetwater naar een marien milieu onder invloed van de post-glaciale zeespiegelstijging van ongeveer 
9000 jaar geleden is vastgelegd, en (iii) sedimenten uit een sterk door menselijk handelen beïnvloed 
kustbekken in de Noordzee waar snelle accumulatie van sediment plaatsvindt en seizoensgebonden 
zuurstofschaarste optreedt (het Grevelingenmeer in Nederland).

Om de geochemische interacties in deze dynamische afzettingsmilieus te kunnen onderzoeken 
is er een breed scala aan geochemische technieken toegepast, waaronder (i) verscheidene 
sequentiële extractiemethoden om Fe en P in de vaste fase te karakteriseren, (ii) microscopische 
en spectroscopische technieken zoals de analyse van elementen op micrometer schaal van in hars 
gegoten sedimenten met behulp van röntgenstraling fluorescentie (µXRF), alsmede scanning 
electron microscope-energy dispersive spectroscopy (SEM-EDS), röntgenstralingdiffractie (XRD) 
en micrometer-schaal analyses met synchrotronstraling (X-ray absorption near-edge structure 
(XANES) spectroscopie), (iii) gas chromatografie (GC) en continue-stroom isotopenratio massa 
spectrometrie (CF-IRMS) voor gedetailleerde karakterisering van CH4 in het poriewater, (iv) 
incubaties van nat sediment gelabeld met de isotoop 13CH4, en (v) multicomponent reactief 
transport modellering van chemische reacties en fysiek transport.

Hoofdstukken en belangrijkste conclusies

In Hoofdstuk 2 wordt onderzocht of een koppeling tussen CH4 oxidatie en Fe-reductie een 
verklaring kan bieden voor de accumulatie van opgelost Fe onder een ondiepe SMTZ in sedimenten 
van de Botnische Golf. Een duidelijke aanrijking van authigene ijzersulfidemineralen rond de 
huidige SMTZ suggereert een recente opwaardse verschuiving van de SMTZ. Deze opwaardse 
verschuiving is ingeleid door veranderingen in de afzettingssnelheid van organisch materiaal 
in de afgelopen tientallen jaren, welke weer gekoppeld is aan antropogene eutrofiëring. De snelle 
opwaardse migratie van de SMTZ heeft de tijd dat ijzeroxides in de sedimenten zijn blootgesteld 
aan opgelost sulfide verminderd, waardoor een deel van de ijzeroxides bewaard is gebleven in de 
methanogene sedimenten. Incubatie-experimenten met sedimenten van onder de SMTZ laten zien 
dat CH4-oxidatie significant toenam na toevoeging van ijzeroxides aan de sulfaat-arme sedimenten. 
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Deze resultaten duiden erop dat AOM gekoppeld aan ijzerreductie verantwoordelijk kan zijn 
voor de accumulatie van opgelost ijzer in SO4

2 – arme, methanogene sedimenten onder de SMTZ. 
Gradiënten in het poriewater benadrukken dat Fe-AOM mogelijk grote hoeveelheden opgelost 
Fe produceert, maar waarschijnlijk verantwoordelijk is voor slechts een kleine fractie van CH4 
verwijdering in mariene sedimenten.

In hoofdstuk 3 is een diagenetisch model ontwikkeld dat de sedimentafzetting en diagenetische 
verandering in de Botnische Golf gedurende de afgelopen eeuw beschrijft. Het doel van deze studie 
was het effect van Fe-AOM in oppervlaktesedimenten en de controlerende processen vast te stellen. 
Het model laat zien dat veranderingen in de afzettingssnelheid van organisch materiaal kunnen 
leiden tot een verticale migratie van de SMTZ in de sedimentkolom, waardoor geochemische 
omstandigheden ontstaan die bevorderlijk zijn voor een koppeling tussen CH4 oxidatie en 
Fe-reductie. De resultaten van een gevoeligheidsanalyse wijzen erop dat SO4

2- concentraties in 
het bodemwater (d.w.z. saliniteit), de beschikbaarheid van ijzeroxides en de afzettingssnelheid 
van organisch materiaal de cruciale factoren zijn die het potentieel van Fe-AOM bepalen. Deze 
resultaten tonen aan dat Fe-AOM in mariene oppervlaktesedimenten waarschijnlijk beperkt is 
tot (i) milieus met relatief hoge afzettingssnelheden van organisch materiaal, zoals zeearmen of 
andere kustsystemen of (ii) sedimenten die zijn blootgesteld aan veranderende diagenetische 
omstandigheden.

Hoofdstuk 4 richt zich op het effect van CH4 dynamiek op de fosforkringloop in 
sedimenten van de Botnische Golf met behulp van een combinatie van de SEDEX sequentiële P 
extractiemethode en microscopische en spectroscopische technieken. Door deze combinatie van 
technieken kan een onderscheid worden gemaakt tussen authigene Fe(II) fosfaatmineralen zoals 
vivianiet (Fe(II)3(PO4)*8H2O) en P dat is gebonden aan Fe(III) oxides. In hars gegoten sedimenten 
zijn hier voor de eerste keer gebruikt om de mineralogie van fosforaanrijkingen te bepalen door 
micro-analyse met behulp van synchrotronstraling (XANES spectroscopie). De resultaten 
onthullen dat vivianiet een belangrijke fase is waarin P wordt vastgelegd onder de SMTZ, en dat 
deze fase verantwoordelijk is voor bijna de helft van alle fosforvastlegging in deze sedimenten. Deze 
vastlegging van P in vivianiet heeft belangrijke implicaties voor de gekoppelde kringlopen van 
Fe en P in sedimenten, omdat voor vivianiet begraving minder Fe nodig is dan bij de begraving 
van Fe(III)-gebonden P. De resultaten laten verder zien dat AOM een belangrijke rol speelt in de 
waargenomen omschakeling van ijzeroxide-gebonden P naar vivianiet en zo dus een cruciale rol 
speelt in fosfordiagenese in sedimenten.

Hoofdstuk 5 presenteert de resultaten van een gedetailleerd onderzoek naar de veranderingen 
in de sedimentprofielen van Fe, zwavel (S) en P in de Zwarte Zee onder invloed van AOM. 
Geochemische analyses van het sediment en poriewater in combinatie met multicomponent 
diagenetisch modelleren onhullen dat onder invloed van de transitie van een (zoetwater)meer naar 
een marien systeem de profielen van S, Fe en P kunnen worden overschreven. Dit komt door de 
neerwaartse diffusie van marien SO4

2- naar de CH4-houdende meerafzettingen. De resultaten tonen 
aan dat AOM gekoppeld aan SO4

2 – reductie de sulfidisering van de meerafzettingen sterk versnelt. 
Dit leidt tot de omzetting van ijzeroxides, ijzercarbonaten en vivianiet naar ijzersulfides en een 
aanrijking van S in de vaste fase. Bovendien suggereren de resultaten dat Fe-AOM een mogelijke 
verklaring biedt voor het vrijkomen van opgelost Fe in het poriewater onder het sulfidisatiefront, 
wat resulteert in de accumulatie van vivianiet in deze sedimenten.

Hoofdstuk 6 bespreekt de potentiële rol van AOM bij de ogenschijnlijke Fe-reductie in diepe 
sedimenten uit de Oostzee. Geochemische analyses van het sediment en poriewater van drie 
verschillende locaties, die bemonsterd zijn tijdens de IODP Baltic Sea Paleoenvironment Expedition 
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347 in 2013, laten zien dat de transitie in de Oostzee van de Ancylus zoewaterfase naar de Littorina 
brak-mariene fase, ongeveer 9000 – 7000 jaar geleden, heeft geresulteerd in de neerwaartse 
diffusie van CH4 vanuit de organisch materiaal-rijke Holocene sedimenten in de ijzeroxide-rijke 
meerafzettingen. Hierdoor is de Oostzee een goed diagenetisch systeem om de mogelijke koppeling 
tussen Fe-reductie en CH4 oxidatie te bestuderen. Onze resultaten tonen aan dat de neerwaardse 
diffusie van CH4 diepbegraven ijzeroxides kan reactiveren. Zo kan Fe-AOM, naast organoclastische 
Fe-reductie, een mechanisme zijn dat de verhoogde concentraties van opgelost Fe in de CH4-
houdende diepe meerafzettingen verklaart.

Hoofdstuk 7 laat zien dat snelle sedimentaccumulatie door antropogene eutrofiëring het 
ontsnappen van CH4 uit kustsedimenten vergroot. Geochemische analyses van sedimentkernen 
genomen in het seizoenaal zuurstofarme Grevelingenmeer (tot de bouw van twee dammen 
een Noordzee estuarium) tussen 2012 en 2015 weerspiegelen dat CH4, geproduceerd in deze 
sedimenten, zich snel door de sulfaatreductiezone beweegt. Dit zorgt er voor dat veel CH4 ontsnapt 
uit de sedimenten naar de bovenliggende waterkolom. Methaan isotopen in combinatie met een 
diagenetisch model laten zien dat het ontsnappen van CH4 wordt veroorzaakt door CH4 productie 
in het oppervlakte sediment en het gebrek aan substantiële verwijdering van CH4 in de SMTZ. De 
hier gepresenteerde resultaten tonen aan dat snelle sedimentaccumulatie de verblijfstijd van CH4-
oxiderende bacteriële gemeenschappen in de SMTZ kan verkorten zodat het voor deze langzaam 
groeiende microorganismen moeilijk wordt om genoeg biomassa op te bouwen om efficiënt CH4 
te verwijderen. Hoge toevoer van organisch materiaal zou verder het samen voorkomen van 
verschillende processen van dissimilatorische respiratie kunnen bevorderen. Deze zorgen er voor 
dat er CH4 wordt geproduceerd in de ondiepe sedimenten van eutrofische kustgebieden. Dit leidt tot 
de conclusie dat eutrofiëring van kustsystemen, ten gevolge van menselijk handelen, kan leiden tot 
een toename van het ontsnappen van CH4 uit deze sedimenten.
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Zusammenfassung (Summary in German)

Die seit Beginn der industriellen Revolution andauernde Zunahme an Treibhausgasen in der 
Erdatmosphäre hat zu einem Anstieg der globalen Durchschnittstemperatur geführt, der erheblich 
schneller verläuft als alle bisher bekannten Erwärmungsphasen in den letzten 66 Millionen Jahren. 
Aktuelle Schätzungen deuten darauf hin, dass der Anstieg an atmosphärischem Methan (CH4) rund 
20 bis 30 % zu der gemessenen Erderwärmung beigetragen hat.

Methan entsteht in großen Mengen bei der mikrobiellen Zersetzung von organischem Material 
in Sümpfen, Reisfeldern, Mülldeponien, Kuhmägen, sowie im Meeresboden. Erstaunlicherweise 
emittieren die Ozeane trotz hoher Methanproduktion in marinen Sedimenten  lediglich eine 
verhältnismäßig geringe Menge dieses Treibhausgases in die Atmosphäre. Seit wenigen Jahren ist 
bekannt, dass bestimmte Mikroorganismen (sogenannte methanotrophe Archaea) Methan aus 
dem Meeresboden entfernen. Diese Archaea leben meistens in Symbiose mit sulfatreduzierenden 
Bakterien. Ein solches Zusammenleben vereinfacht die Übertragung der Elektronen, die bei der 
Umwandlung von Methan zu Kohlenstoffdioxid (CO2) frei werden, auf Sulfat. Die anaerobe (d.h. 
sauerstofffreie) Methanoxidation mit Sulfat sorgt dafür, dass das in tieferen Sedimentschichten 
produzierte Treibhausgas Methan in den oberen Sedimentschichten größtenteils wieder oxidiert 
wird. Dieser Prozess verhindert, dass große Mengen an Methan aus dem Sediment entweichen 
können und spielt dadurch eine wichtige Rolle für das Erdklima.

Obwohl die anaerobe Methanoxidation von globaler Bedeutung ist, sind viele Fragen bezüglich 
der zugrundeliegenden Mechanismen noch ungeklärt. So deuten Messungen in verschiedenen 
marinen Systemen darauf hin, dass die Umsetzung von Methan zu Kohlenstoffdioxid nicht 
immer effizient verläuft. Als Folge einer ineffizienten Methanoxidation kann mehr Methan aus 
dem Meeresboden entweichen. Desweiteren gibt es Hinweise darauf, dass auch andere Stoffe, 
wie zum Beispiel Eisenoxide, die Funktion von Sulfat als Elektronenakzeptor bei der anaeroben 
Oxidation von Methan übernehmen können. Es ist unverzichtbar den Prozess der anaeroben 
Oxidation besser zu verstehen um die potenziellen Auswirkungen menschlicher Aktivitäten auf 
die Methanemissionen aus dem Meeresboden vorauszusagen. Von größtem Interesse ist die Frage 
wie die mikrobielle Gemeinschaft auf eine schnelle Zufuhr von Methan reagieren wird, welche 
in Zukunft durch schmelzende Gashydrate (“Methaneis” im Meeresboden) oder anthropogene 
Eutrophierung (“Überdüngung”) ausgelöst werden könnte. Außerdem ist bis heute nur wenig 
bekannt über die Konsequenzen der anaeroben Methanoxidation für die Nährstoffkreisläufe im 
Meer.

Das Ziel dieser Dissertation ist es, neue Kenntnisse über die anaerobe Methanoxidation 
im Meeresboden und deren Auswirkungen auf die Nährstoffkreisläufe in unseren Ozeanen zu 
gewinnen. Dabei richtet sie sich besonders auf die Kopplung der Methanoxidation mit den marinen 
Kreisläufen von Eisen und Phosphor, die essentielle Nährstoffe für das Leben im Meer darstellen. 
Die Ergebnisse aus dieser Arbeit verdeutlichen, dass die Klimaerwärmung und die Überdüngung 
küstennaher Gebiete einen großen Einfluss auf die Effizienz der anaeroben Methanoxidation 
ausüben können.

Die Dissertation besteht aus insgesamt 7 Kapiteln, wobei Kapitel 1 eine Einführung in die 
anaerobe Methanoxidation und die grundlegenden biogeochemischen Prozesse im Meeresboden 
gibt, gefolgt von einem Überblick über die wissenschaftlichen Methoden und Befunde dieser 
Arbeit. Kapitel 2 beschäftigt sich mit der Frage, ob Eisenoxide mögliche Elektronenakzeptoren 
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für die Methanoxidation in den Sedimenten der nördlichen Ostsee (Bottnischer Meerbusen) 
darstellen. Geochemische Analysen zeigen, dass sich die Position der sogenannten Sulfat-Methan-
Übergangszone (die Zone in der Mikroorganismen das im Porenwasser gelöste Methan mit Hilfe 
von Sulfat zu Kohlenstoffdioxid oxidieren) innerhalb der letzten Jahrzehnte zur Sedimentoberfläche 
hin verschoben hat. Die vorhandenen Daten deuten darauf hin, dass diese vertikale Verlagerung 
der Sulfat-Methan-Übergangszone durch erhöhte anthropogene Nährstoffeinträge während des 
letzten Jahrhunderts verursacht wurde. Als Folge dieser Verschiebung treffen Methan und labile 
Eisenoxide in den tieferen Sedimentschichten der nördlichen Ostsee aufeinander; eine Situation 
die unter marinen Bedingungen nur sehr selten vorkommt. Laborexperimente mit Sedimentproben 
aus diesen tieferen Schichten zeigen, dass die anaerobe Methanoxidation durch die Eisenoxide 
stimuliert werden kann. Diese Resultate deuten darauf hin, dass eine mikrobielle Gemeinschaft 
in diesen Sedimenten in der Lage ist, die anaerobe Methanoxidation mit der Reduktion von 
Eisenoxiden zu koppeln. Eine solche Kopplung trägt wahrscheinlich lediglich einen kleinen Teil zu 
der Entfernung von Methan bei, liefert aber eine plausible Erklärung für die hohen Konzentrationen 
von gelöstem Eisen unterhalb der Sulfat-Methan-Übergangszone.

Basierend auf den Ergebnissen aus Kapitel 2 wurde ein Computermodel entworfen, um die 
biogeochemischen Prozesse im Meeresboden der nördlichen Ostsee zu simulieren (Kapitel 3). 
Die Ergebnisse verdeutlichen dass die Überdüngung von Küstengebieten zu einer Veränderung in 
der Position der Sulfat-Methan-Übergangszone in marinen Sedimenten führen kann. Mithilfe des 
Modells werden Umweltbedingungen identifiziert, welche die Kopplung zwischen Eisenreduktion 
und Methanoxidation ermöglichen.

Kapitel 4 untersucht die Auswirkungen der anaeroben Methanoxidation auf den 
Phosphorkreislauf in Sedimenten der nördlichen Ostsee. Durch eine Kombination von neusten 
geochemischen Analysemethoden wird aufgezeigt, dass die Methanoxidation mit Sulfat zu einer 
Freisetzung von gelöstem Phosphat führt. Das freigesetzte Phosphat fällt dann zusammen mit dem 
unterhalb der Sulfat-Methan-Übergangszone gelösten Eisen als Vivianit (ein Eisen(II)phosphat 
Mineral) aus. Basierend auf den Erkenntnissen aus Kapitel 1 wird die Hypothese aufgestellt, 
dass das Eisen für die Vivianit-Ausfällung aus einer möglichen Kopplung von Eisenreduktion 
und Methanoxidation entstanden ist. Die Bildung von Vivianit hat bedeutende Folgen für den 
Phosphorkreislauf, da sie die Phosphatemissionen vom Meeresboden in das Meer reduziert. 
Die durch anaerobe Methanoxidation angetriebene Vivianitbildung kann somit einer internen 
Eutrophierung der nördlichen Ostee entgegenwirken.

In Kapitel 5 werden die Auswirkungen der anaeroben Methanoxidation auf die Festlegung 
von Schwefel, Eisen und Phosphor in Sedimenten des Schwarzen Meeres beschrieben. Mit Hilfe 
von detaillierten geochemischen Analysen und Computersimulationen wird aufgezeigt, dass die 
Methanoxidation die sedimentäre Zusammensetzung dieser Elemente verändern kann. Zudem 
deuten die Resultate auf eine Kopplung zwischen Eisenreduktion und Methanoxidation in den 
limnischen, mehr als 9000 Jahre alten Ablagerungen des Schwarzen Meeres, hin. Kapitel 6 befasst 
sich ebenfalls mit dieser möglichen Kopplung, jedoch nicht im Schwarzen Meer, sondern in den 
alten (> 9000 Jahre) limnischen Ablagerungen der Ostsee.

Das letzte Kapitel (Kapitel 7) verdeutlicht wie die Eindeichung einer ehemaligen Meeresbucht 
an der stark eutrophierten niederländischen Nordseeküste die Effizienz der anaeroben 
Methanoxidation verringern kann.
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