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Chapter 1

Introduction

Seismic tomography is the most powerful tool to image the Earth’s interior.
However, we have reached a stage where further refinements with classical
techniques become very difficult. Advances in numerical methods and com-
putational facilities are providing new opportunities in seismic tomography
to enhance the resolution of tomographic mantle images. Meanwhile, an
important step is to check the reliability of the current mantle images and
the classical techniques using 3-D numerical simulation of seismic wave-
field. In this thesis, using a spectral element method, we underline some
shortcomings in global mantle tomography, particularly crustal effects on
mantle images, and assess tomographic mantle models in order to under-
stand to what extent the current models explain the real Earth’s mantle. In
the last part of the thesis, we propose new misfit functions such as instan-
taneous phase and cross-correlation differences between real and synthetic
data with an aim to extract as much information as possible from a single
seismogram.

1.1 History of Seismic Tomography

The illumination of the Earth’s interior based on seismological observations
goes back to the beginning of the 20th century following the developments
in instrumentation which led to the installation of the first global seismic
networks and the availability of collections of global seismic data. Based on
the systematic behavior of body wave arrivals as a function of distance and
time, the first order structures, such as the existence of the core (Oldham,
1906), the Moho discontinuity (Mohorovičić, 1909) and the existence of the
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2 Chapter 1

inner core (Lehmann, 1936) were rapidly identified. In the following years,
the body wave travel-times were tabulated by Jeffreys & Bullen (1940) and
are still used to locate earthquakes. This collection of travel times allowed
to obtain the early velocity profiles of the Earth as a function of radius.

With the necessity of a common reference Earth model in seismology,
Dziewonski & Anderson (1981) constructed an average model, known as
PREM (Preliminary Reference Earth Model), as a function of the Earth’s
radius by modeling a large number of body wave travel-times, surface wave
and free-oscillation data, which is still being used as a reference model.
IASP91 of Kennett & Engdahl (1991) and an improved version ak135 of
Kennett et al. (1995) were constructed using high frequency body wave
travel-time measurements only.

It soon became clear that the radially symmetric models were not
enough to explain the complexity of seismic signals. The first attempts
to retrieve the lateral variations in the Earth’s structure were done by Aki
et al. (1977), Sengupta & Toksöz (1977) and Dziewonski et al. (1977). This
marks the beginning of seismic tomography and it henceforth remained
an indispensable tool in identifying the Earth’s interior in 3-D dimension.
Since the tomographic images are constructed based on perturbation the-
ory, 1-D models are still commonly used as a background model in tomog-
raphy.

1.1.1 The Earth’s Mantle from Classical Seismic Tomogra-
phy

Mapping the Earth’s mantle in terms of its composition, thermal variations
and structure is essential to understand the mantle dynamics and the sur-
face processes such as the origin of hotspots and the forces behind plate
motions. Furthermore, an accurate velocity structure is important for lo-
cating earthquakes and is required from an engineering point of view to
assess seismic hazards and to detect nuclear explosions.

The Earth’s mantle has been investigated by many researchers using
different data sets such as body waves, surface waves, splitting functions
of the Earth’s free oscillations or a combination of these different data to-
gether at either a global or continental scale. For instance, P and S-wave
arrival times were used to construct global and continental models by e.g.,
Dziewonski (1984); Zhou (1996); van der Hilst et al. (1997s); Kennett et al.
(1998); Bijwaard & Spakman (2000); Boschi & Dziewonski (2000); Kárason
& van der Hilst (2001); Kennett & Gorbatov (2004). Surface waves are
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commonly used to map the crust and upper-mantle structure either using
phase dispersion or direct waveform modeling (e.g., Trampert & Wood-
house, 1995; Ekström et al., 1997; Ritzwoller & Levshin, 1998; Shapiro &
Ritzwoller, 2002). Waveforms of surface and S waves were also modelled
using, for instance, cross-branch modal coupling (e.g., Li & Romanowicz,
1996) or partitioned waveform inversion (e.g., Lebedev et al., 2005). The
measurements of splitting functions of the Earth’s free oscillations (e.g.,
Woodhouse & Dahlen, 1978; He & Tromp, 1996; Resovsky & Ritzwoller,
1998) were used together with surface wave data to constrain the long wave-
length structure of the deep interior (e.g., Masters et al., 1982; Woodhouse
& Dziewonski, 1984; Beghein et al., 2002). Surface waves provide a better
ray coverage particularly at the oceans to map the upper-mantle structure
whereas lower mantle is better constrained by body waves. Therefore, it
is common to integrate different data sets that are sensitive to different
depths and properties of the Earth’s interior in tomography to increase the
resolution. A few examples that combine body wave, free oscillation and
surface wave data are e.g., Su et al. (1994); Masters et al. (1996); Ritsema
et al. (1999); Mégnin & Romanowicz (2000); Gu et al. (2001).

To have a better understanding of mantle processes, it is well known
that anisotropy has to be taken into account. Seismic velocities, that are
sensitive to the variations in material properties, can vary as a function of
horizontal and vertical directions yielding azimuthal and radial anisotropy.
Thus, detecting anisotropy is informative on the composition and dynamics
of the mantle. Anisotropy was incorporated in seismic tomography, for
instance, by Montagner & Tanimoto (1991); Ekström & Dziewonski (1998);
Debayle & Kennett (2000); Trampert & van Heijst (2002); Trampert &
Woodhouse (2003); Beghein et al. (2006); Visser et al. (2008).

In classical seismic tomography, it is common to separate phase and am-
plitude information and invert them individually. Body wave tomography
is mostly based on travel-time measurements whereas surface wave experi-
ments are based on phase measurements. Either travel-time or phase mea-
surements allow to interpret the elastic properties of the Earth’s structure.
Due to practical difficulties, however, the number of studies on amplitude
tomography is less compared to phase and travel-time tomography. The
amplitude of seismic waves contains vast information on both elastic and
anelastic parameters of the Earth’s interior. The effect of lateral elastic
heterogeneities on amplitudes was presented, for instance, by Woodhouse
& Wong (1986); Selby & Woodhouse (2000). Thus, amplitude information
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provides necessary constrains to identify small-scale elastic structures (e.g.,
Laske & Masters, 1996). Retrieving anelastic parameters is important to
constrain the thermal and chemical structure of the Earth’s interior. Atten-
uation also causes physical dispersion which effects the velocity of seismic
waves (e.g., Kanamori & Anderson, 1977; Romanowicz, 1990). 3-D mantle
attenuation models were obtained using surface wave (e.g., Romanowicz,
1995; Selby & Woodhouse, 2000; Gung & Romanowicz, 2004; Dalton &
Ekström, 2006; Dalton et al., 2008) and body wave amplitudes (e.g., Bhat-
tacharyya et al., 1996; Reid et al., 2001; Warren & Shearer, 2002). For
recent reviews of seismic mantle tomography, the readers are invited to
consult the review papers of Romanowicz (2003) and Trampert & van der
Hilst (2005).

1.1.2 Finite-Frequency Effects in Seismic Tomography

Due to its simplicity and ease of implementation, classical seismic tomog-
raphy is based on ray theory in which the energy of waves propagates along
ray paths. Ray theory has provided robust images of long-wavelength struc-
ture of the Earth’s interior. However, being a high frequency approxima-
tion, ray theory has some theoretical limitations and breaks down when the
scale length of the heterogeneities are smaller than the width of the first
Fresnel zone (Wang & Dahlen, 1995). The current resolution of the tomo-
graphic images has clearly reached the limits of ray theory (e.g., Passier &
Snieder, 1995; Spetzler et al., 2001) therefore finite-frequency effects have
started to become important.

Woodhouse & Girnuis (1982) and Snieder (1993) took into account the
finite-frequency effects in surface waves by computing finite-frequency ker-
nels, or so-called Fréchet kernels, using normal mode theory. Marquering
et al. (1999) have shown that finite-frequency body waves are sensitive to
3-D structure off the ray path and paradoxically, their sensitivity is zero
along the ray path although in the high frequency limit, finite-frequency
theory converges to ray theory. Due to the banana shape of the kernels on
a cross-section along the ray path and doughnut shape with a hole inside
on the cross-section across the ray path, they named the finite-frequency
kernels banana-doughnut kernels. This theory was afterwards extended by
e.g., Tong et al. (1998); Dahlen et al. (2000); Hung et al. (2000); Zhao et al.
(2000) and applied to tomography problems (e.g., Montelli et al., 2004). To
improve the validity of smaller scale heterogeneities in surface wave stud-
ies 2-D (e.g., Spetzler et al., 2002; Yoshizawa & Kennett, 2002; Ritzwoller
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et al., 2002) or 3-D (e.g., Zhou et al. 2004) finite-frequency kernels have re-
cently been used. Although it has been proved that finite-frequency theory
is a better forward theory than ray theory, currently there is no consensus
whether this also improves the resolution of the tomographic models (e.g.,
Ritzwoller et al., 2002; Zhou et al., 2004; Sieminski et al., 2004; Trampert
& Spetzler, 2006).

1.1.3 Numerical Methods in Seismic Tomography

The developments in computer facilities and the advances in numerical
methods recently enabled us to simulate wave propagation in 3-D struc-
tures. Numerical simulation of wave propagation provides new opportuni-
ties to incorporate finite-frequency effects in seismic tomography. We are
now able to compute finite-frequency sensitivity kernels in 3-D background
models and combine different data observables having different frequency
content. Since seismic tomography is a non-linear problem, the images will
eventually improve in an iterative scheme based on numerical simulations.

Among all numerical techniques, the spectral element method stands
out as the most successful to simulate the full wave propagation in complex
3-D Earth models (Capdeville et al., 2003; Chaljub et al., 2003; Chaljub
& Valette, 2004; Komatitsch & Tromp, 2002a,b) in terms of its accuracy,
ease of applicability to complex structures and computational time require-
ments. We are now at a stage to use the opportunity of incorporating the
complete seismic wavefield in the forward theory and using 3-D reference
models in seismic tomography. For instance, Bijwaard & Spakman (2000)
tried to enhance global P-wave model based on a 3-D ray tracing method.
Zhao et al. (2005) used a finite difference method and computed sensitivity
kernels in 3-D reference models by storing the computed Green’s functions.
In this way, one can have access to the Hessian of the misfit function how-
ever, there are some practical difficulties such as tremendous increment in
computational and storage tasks. Tromp et al. (2005) suggested to use ad-
joint techniques, as suggested by Tarantola (1984); Talangard & Courtier
(1987) and extended, for instance, by Crase et al. (1990); Fink (1997);
Pratt (1999); Akçelik et al. (2003), which provides an elegant way to com-
pute the gradient in an inverse algorithm. They showed that the gradient
of the misfit function may be obtained by the interaction of two wavefields,
a forward and an adjoint, by performing only two numerical simulations
for each source independent from number of receivers. The idea is sim-
ilar to seismic reflector mapping (Claerbout, 1971) where the downgoing
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wavefield can be obtained from the time-reversed upgoing wavefield. Some
attempts to use adjoint tomography based upon a spectral element method
have been done for a regional or continental scale using travel-times (e.g.,
Tape et al., 2007) or full waveform tomography (e.g., Fichtner et al., 2008).

The ultimate aim in global tomography is to perform full waveform in-
version, that has become possible with the improvements of 3-D numerical
wave simulations. It has been applied to some local problems (e.g., Pratt,
1999; Chen et al., 2007b,a). At global scale, however, it has only been
used in a synthetic experiment based on a source stacking technique using
a spectral element method by Capdeville et al. (2005). As Capdeville et al.
(2005) pointed out, insufficient data coverage due to lack of stations partic-
ularly at the oceanic crust is one of the major obstructions in full waveform
tomography at the global scale.

1.2 Shortcomings in Global Mantle Tomography

Many mantle models have been proposed by different groups using differ-
ent data sets and different techniques. Tomographic models of the mantle
at low degrees are, in general, in agreement with each other independent
from the data type and inversion strategies (see Ritzwoller & Lavely, 1995;
Trampert & Woodhouse, 2001). The discrepancy between the tomographic
models, however, becomes visible as the resolution increases to map the
smaller scale heterogeneities for several reasons. Therefore, there is not a
general consensus on mapping the smaller scale heterogeneities, yet.

An important issue in global mantle tomography is that the thin but
highly heterogeneous crust has a dramatic effect on seismic waves, par-
ticularly on surface waves, which is often as large as the mantle signal.
Montagner & Jobert (1988) showed that shallow layer variations can be
highly non-linear even at periods longer than 100 s. Therefore, having an
accurate crustal model is a major requirement in mantle tomography. The
crust is too thin to be resolved in classical seismic tomography thus in gen-
eral crustal corrections are applied to surface waves (e.g., Ritsema et al.,
1999; Boschi & Ekström, 2002; Trampert & Spetzler, 2006). In recent
years, crustal corrections have been done using 3-D global crustal mod-
els such as Crust2.0 (Bassin et al., 2000) using first-order approximations.
Crustal influence on body waves is less compared to surface waves however
regional variations in the crustal and upper-mantle structures can mislead
the hypocentral locations and smear into mantle models. In general, travel-
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times are corrected based on the average of teleseismic rays arrive within
a specific surface patch with respect to a reference model (e.g., Engdahl
et al., 1998). Therefore, the crust has been standing out as one of the
major problems to be addressed to improve the global mantle images.

At the current resolution of the tomographic images, finite-frequency
effects are important. Although the finite-frequency theory is a better for-
ward theory than ray theory, as mentioned in the previous section, there
are controversial results on the advantage of the use of finite-frequency ker-
nels in tomography. Trampert & Spetzler (2006) showed that same results
can indeed be obtained from both ray theory and finite-frequency theory
by only changing the damping of the tomographic images pointing out that
the advantage of a better forward theory is actually lost due to problems
of inverse techniques. Although damping is an important parameter in in-
verse theory to control the resolution of the tomographic images, the value
is fixed in an arbitrary and a subjective manner.

Inverse theory, as Jackson (1972) stated, is the procedure to interpret
inaccurate, insufficient, and inconsistent data. In seismic tomography, a
set of model parameters, which are usually velocity of seismic waves, den-
sity, or anelasticity, are inferred through a set of observed data, that are
recorded seismograms in our case. Seismic tomography, in this way, be-
comes an optimization problem where we try to minimize the difference
between observed and predicted data through model parameters. There
are several factors controlling the resolution of seismic tomography. The
choice of parametrization is one of them. Horizontal and radial variations
are parametrized by local adaptive grids or expanded into spherical har-
monics, and polynomials or splines, respectively. Examples of adaptive lo-
cal grids in travel-time tomography are found in e.g., Zhou (1996); van der
Hilst et al. (1997s); Kennett et al. (1998); Boschi & Dziewonski (2000).
In surface wave, free-oscillation or full waveform tomography, in general,
spherical harmonics and splines are used to parametrize the horizontal and
radial variations, respectively (e.g, Woodhouse & Dziewonski, 1984; Li &
Romanowicz, 1996; Ekström & Dziewonski, 1998; Ritsema et al., 1999;
Boschi & Ekström, 2002; Lebedev et al., 2005). It has been shown that
the coarse or low-degree parameterizations may bias the tomographic mod-
els (e.g., Giardini et al., 1988; Snieder et al., 1991) however, Trampert &
Snieder (1996) showed that this problem can be overcome by a weighting
applied in the cost function. Different parametrization techniques may also
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have different implications on the inverted model. Nevertheless, Boschi &
Dziewonski (1999) reported that most discrepancies due to different pa-
rameterization techniques tend to disappear by a sufficiently strong regu-
larization and discrepancies are more likely to be due to insufficient data
coverage. Indeed, the uneven distribution of source and receivers on the
Earth is one of the major restrictions in seismic tomography which is also
one of the reasons that conceals the advantage of finite-frequency theory
(Boschi et al., 2007). In general, due to the approximations used in the
forward part of the seismic tomography, it is common to use secondary ob-
servables such as travel-time or phase of an isolated phase or only a small
portion of a seismogram. Most of the time, the amplitude information is
ignored which results to waste a large amount of information contained in
a seismogram. Thus the ultimate aim in global tomography is to use full
waveforms in the inversion. A way to remedy the insufficient data at the
global scale is to try to extract as much information as possible from a
single seismogram using the advantages of numerical simulations of wave
propagation.

1.3 Motivation and Outline

Numerical methods have a crucial role in refining the current tomographic
images as can be summarized by the following reasons: 1) They enable
us to consider the full non-linearity of wave propagation, 2) we can now
compute the data sensitivities in 3-D background models that allow us to
handle the non-linearities better and, 3) as a result of (1), we can extract
as much information as possible from a single seismogram to close the gap
in data coverage without worrying to identify the seismic phases. Using the
advantages of 3-D numerical simulations, the ultimate aim in seismic to-
mography is to use full waveforms to improve mantle models. 3-D numerical
simulation of wave propagation is also a very powerful tool to investigate
and understand the current status of seismic tomography. It is of great
importance to underline the major shortcomings in seismic tomography as
a guide towards using 3-D wave propagation in the inverse problem. In this
thesis, we concentrate on global mantle tomography. Using 3-D numerical
wave simulations, we tried to underline some of the characteristic problems
of identification the mantle structures, as mentioned in the previous section,
and suggest some ways of how to improve global tomographic images. All
wave simulations were done by the spectral element method of Komatitsch
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& Tromp (2002a,b) to compute synthetic seismograms and finite-frequency
adjoint kernels. We particularly investigated the following problems:

Accuracy of crustal corrections: We first investigated the accuracy
of crustal corrections and their effects on tomographic mantle images in
Chapter 3. Using first-order approximations, e.g., ray theory and finite-
frequency theory, we estimated crustal corrections for fundamental mode
surface waves and compared them to those obtained from full 3-D wave
simulations with the spectral element method. Based on the obtained re-
sults, we discussed the consequences of crustal corrections in global seismic
tomography.

Assessment of mantle models: In order to understand to what
extent the current tomographic mantle images represent the real Earth′s
mantle, we compared real seismograms to those computed by the spectral
element method in some 3-D mantle models in Chapter 4. In particular,
we examined the effect of regularization on our interpretation of the mantle
by choosing differently damped mantle models. We compared the results
with those from 1-D crustal and mantle models to examine the source of
the discrepancies between the real and synthetic seismograms. This study
is particularly important for suggesting a way to assess how far the current
tomographic images represent the Earth’s structure.

Assessing new and existing misfit functions for full waveform
inversions: Finite-frequency adjoint kernels based on numerical wave sim-
ulations allow us to visualize the 3-D sensitivity of the selected data which
is controlled by the chosen misfit functions at the beginning of inverse prob-
lem. In Chapter 5, in order to extract as much information as possible
from a single seismogram, we have developed new misfit functions based
on the instantaneous phase difference between real and synthetic data, and
the difference between the cross-correlation of observed data with synthetic
data and the auto-correlation of data. Both demonstrated misfit func-
tions allow to consider a wave train rather than an isolated single phase.
We compared different misfit functions such as instantaneous phase, cross-
correlation, waveform and travel-time differences using the adjoint kernel
simulations based upon the spectral element code to have insight in the
advantages/disadvantages of the chosen misfit functions.

For the completeness of the thesis, we give a brief background on the
spectral element method and a description how we used the code in Chap-
ter 2. We summarize our results in Chapter 6.
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Chapter 2

Spectral element method in
3-D wave simulation and
seismic tomography

The computation of synthetic seismograms is an essential part of seismic
imaging. The developments in numerical methods for wave propagation in
the last decade together with the advances in computational facilities will
play a crucial role in seismic tomography. We are now able to simulate wave
propagation in complex 3-D structures at either a regional or global scale
using numerical methods with a high accuracy and the current challenge
is to use this opportunity in seismic tomography to improve the current
resolution of the tomographic images. This thesis is based on numerical
simulations by a spectral element method to address some problems of
classical seismic tomography and to suggest some possible solutions towards
full waveform inversion. For the completeness of this thesis, in the following,
we will give a brief overview of the spectral element and adjoint methods.
We explain how we used the spectral element code of Komatitsch & Tromp
(2002a,b). For more detailed information, the reader is referred to the
original papers, cited as references, and the user manual of the spectral
element code.

2.1 Computation of synthetic seismograms

The methods used to compute synthetic seismograms can roughly be classi-
fied into three groups: semi-analytical, asymptotic, and numerical methods.

11
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Normal mode summation (e.g., Gilbert, 1970; Dahlen & Tromp, 1998) and
the reflectivity method (e.g., Fuchs, 1968; Fuchs & Müller, 1971) are the
most used semi-analytical methods where the synthetic seismograms are
computed for a given 1-D Earth model (e.g., PREM by Dziewonski & An-
derson (1981)) in which there are only radial variations of parameters. In
normal mode summation, the wavefield is obtained by the summation of
properly excited eigen functions which gives a good accuracy down to 8 s.
Attenuation, gravity, transverse isotropy and discontinuities can easily be
taken into account. In the reflectivity method, the reflection coefficients
for a given layered medium are integrated in frequency-wavenumber do-
main. This is often used for higher frequency wavefields. However, the
real Earth is more complex than a radially symmetric model. Since there
are no analytical solutions for the elastodynamic wave equation in 2-D or
3-D models, we need to use either asymptotic or numerical methods to
simulate the wave propagation in such complicated structures. Asymptotic
methods, such as ray theory (e.g., Cerveny, 2001), or nonlinear asymptotic
coupling theory (e.g., Li & Tanimoto, 1993), have been frequently used in
seismology taking the advantage of reasonable computational requirements
but limiting the resolution to the scale length of the heterogeneities larger
than the width of the Fresnel zone (Wang & Dahlen, 1995).

Full wave propagation can be modeled by a numerical solution to the
wave equation. A commonly used technique is the finite difference method
(e.g., Olsen et al., 1995; Igel & Weber, 1996; Thomas et al., 2000) in which
the numerical derivatives are estimated based on finite-difference equations.
It is popular due to its simplicity and ease of implementation in uniform
grids however the strong formulation of the wave equation can be problem-
atic for applying boundary conditions accurately in complex structures. In
addition, particularly surface waves may suffer from numerical dispersion.
Pseudo-spectral methods (e.g., Tessmer et al., 1992; Carcione & Wang,
1993; Furumura et al., 1998; Igel, 1999), in which the wavefield is expanded
into global polynomial basis functions, have similar problems due to the
strong formulation of wave equation which prevents the application of these
methods to the global simulation of 3-D wave propagation. To overcome
these problems, normal mode coupling (e.g., Park, 1986; Lognoné & Ro-
manowicz, 1990; Capdeville et al., 2000), in which the 3-D variations are
considered in terms of the summation of normal modes computed for spher-
ically symmetric models, and the direct-solution methods (e.g., Hara et al.,
1991; Geller & Ohminato, 1994) have been used. Both mode coupling and
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the direct-solution methods are computationally expensive to simulate wave
propagation in 3-D structures and can be problematic to deal with the large
variations in crustal thickness and to grid the entire globe. Finite element
methods (e.g., Toshinawa & Ohmachi, 1992; Bao et al., 1998) are efficient
to solve such problems. The disadvantage is that the use of low order
polynomial degrees may be problematic for the spatial discretization. A
way to remedy this problem is to increase the order of polynomials, however,
it makes the method impractical due to an increase in computation time
and inflexibility of using parallel algorithms.

Higher-order polynomials can more easily be taken into account using
spectral methods. The spectral element method (SEM) is one of them
which combines the flexibility of finite element methods with the accuracy
of pseudo-spectral methods (Patera, 1984) and enables the accurate simu-
lation of wave propagation in complex 3-D structures at either a regional
or global scale. SEM enables the parallel simulation of wave propagation
in complex 3-D structures. The early applications of the method were pro-
posed in fluid mechanics (e.g. Patera, 1984) to solve incompressible Navier-
Stokes equations. Fischer & Rønquist (1994) applied a parallel spectral
element algorithm to calculate the incompressible flows in complex struc-
tures. The first use of the spectral element method in seismology started
with 2-D simulations of seismic wave propagation (e.g. Priolo et al., 1994)
and continued with the applications to 3-D wave propagation problems both
at regional (e.g. Komatitsch & Vilotte, 1998; Seriani, 1998; Komatitsch &
Tromp, 1999; Komatitsch et al., 2004) and global (e.g. Capdeville et al.,
2003; Chaljub et al., 2003; Chaljub & Valette, 2004; Komatitsch & Tromp,
2002a,b; Komatitsch et al., 2002) scale. In the following, we give a brief
overview of the spectral element method.

2.1.1 Seismological background

In seismology, it is convenient to use the Lagrange description to drive
the equation of motion since the data, the seismograms, are the records
of particle motions at a specific point on the Earth as a function of space
and time. Using Cartesian coordinates and index notation, the relation
between strain and displacement can be given as,

eij =
1

2
(si,j + sj,i) (2.1.1)



14 Chapter 2

where eij is the second order symmetric strain tensor, ui,j and uj,i are the
spatial derivatives of the displacement field s. Using Hook’s law, the linear
relation between strain (e) and stress (T) tensors are given as,

Tij = cijpqepq (2.1.2)

where cijpq is a fourth order tensor built from the elastic constants. Because
of internal symmetries, cijpq has 21 independent elastic parameters. For an
isotropic medium, we only need two, the Lame parameters λ and µ,

cijpq = λδijδpq + µ(δipδjq + δiqδjp). (2.1.3)

Inserting the constitutive equations into momentum equation,

ρ∂2
t s −∇ · T = f (2.1.4)

we find the equation of motion,

ρs̈ − (λ + µ)∇2s + µ(∇2s)T = f (2.1.5)

where f represents the seismic source which in the case of a point source at
xs can be written as,

f = −M · ∇δ(x − xs)S(t). (2.1.6)

Here M represents the moment tensor and S(t) is the source-time function.

To solve the equation of motion, we have to specify the boundary and
initial conditions. The boundary conditions for the whole Earth are such
defined that the traction must vanish at the free surface (n̂.T = 0) and
must be continuous at solid-solid, solid-fluid boundaries together with the
displacement. The initial conditions are given as

s(x, t = 0) = 0, ∂ts(x, t = 0) = 0. (2.1.7)
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2.1.2 Spectral element method

Unlike finite difference and pseudo-spectral methods, the spectral element
method is, for computational convenience, based on an integral or so-called
weak form of the equation of motion. This integral form is obtained by tak-
ing the dot product of the momentum equation eq. 2.1.4 with an arbitrary
test vector w and integrating over a volume Ω which can be written as,

∫

Ω
ρw · ∂2

t sd
3r = −

∫

Ω
∇w : Td3r + M : ∇w(rs)S(t). (2.1.8)

where the left-hand side of the equation gives the mass matrix. The right-
hand side is obtained by integration by parts where the first term is called
the stiffness matrix and the second term is associated with the source. The
free surface condition is mutually taken into account since the integral is
defined over the volume Ω. For solid and fluid regions, the wave equation is
solved separately and than coupled together by the appropriate boundary
conditions. This leads to formulate the problem individually for crust and
mantle, outer core, and inner core (see Komatitsch & Tromp, 2002a). Con-
sidering the boundary conditions at each domain, eq. 2.1.8 can be written
for the crust and mantle,

∫

M

ρw · ∂2
t sd

3r = −

∫

M

∇w : Td3r + M : ∇w(rs)S(t)

+

∫

CMB

pn̂ · wd2 · r (2.1.9)

where M and CMB stand for the mantle (and crust), and the core-mantle
boundary, respectively. n̂ is the unit outward normal on the CMB and pn̂
is the traction in the fluid where p denotes the fluid pressure. For the fluid
outer core,

∫

OC

κ−1w∂2
t χd3r = −

∫

OC

ρ−1∇w · ∇χd3r +

∫

CMB

wn̂ · ∂tsd
2r

−

∫

ICB

wn̂ · ∂tsd
2r (2.1.10)

where OC and ICB stand for the outer core and the inner core boundary,
respectively. κ is the adiabatic bulk modulus in fluid, v is the velocity in
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fluid, χ is the scalar potential and w is the scalar test function. In this
way, eqn. 2.9 and 2.10 correctly represents the fluid-solid interactions (Ko-
matitsch & Tromp, 2002a). Finally, for the inner core the weak formulation
is,

∫

IC

ρw · ∂2
t d3r = −

∫

IC

∇w : Td3r −

∫

ICB

pn̂ · wd2r (2.1.11)

where IC represents the inner core.

In numerical techniques, the accuracy of the simulations strongly de-
pends on the quality of the mesh. Mesh design in SEM is the same as in
finite element methods. The model volume is subdivided into a number
of non-overlapping hexahedral finite elements. Each hexahedral element
matches exactly with the sides of other neighbouring element which is called
a conforming mesh in the literature. The size of the elements controls the
resolution in the computed seismograms such that the smaller the size the
shorter period you get in simulations.

Once the mesh is designed, the next step is to define the basis functions
that represents the wavefield in each element. In SEM, the shape of each
element is defined by low-degree polynomials whereas the basis functions
that represent the unknown displacement wavefield and test vectors are
defined by high order polynomials. Lagrange polynomials of degree 4 to
10 are commonly used as basis functions. The n + 1 Lagrange polynomials
are defined by n + 1 control points which are chosen to be Gauss-Lobatto-
Legendre points. This decision leads to a diagonal mass matrix which is one
of the advantages of SEM over finite element methods since a diagonal mass
matrix considerably reduces the cost in computation. The weak formulation
of the equation of motion, that is solved at each element based on Gauss-
Lobatto-Legendre polynomials, is then integrated over all elements.

2.2 Using 3-D simulations in seismic tomography

The accurate 3-D simulation of wave propagation by numerical methods is
of great importance to seismic tomography because it can take the full non-
linearity of the problem into account. We have now the opportunity to use
numerical wave propagation in 3-D Earth models to improve the seismic
images of the Earth’s interior. For instance, Bijwaard & Spakman (2000)
tried to enhance global P-wave model based on a 3-D ray tracing method.
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Zhao et al. (2005) used a finite difference method and computed sensitivity
kernels in 3-D reference models by storing the computed Green’s functions.
In this way, one can have access to the Hessian of the misfit function but
the difficulties are a tremendous increment in computational and storage
tasks. Chen et al. (2007b,a) introduced 3-D numerical simulations into
some local tomography problems using the scattering integral method based
on a finite difference method. A way to reduce the computational costs is to
use adjoint methods. The introduction of adjoint techniques in geophysics
was by Tarantola (1984, 1988) where he gave the theoretical basis for the
use of adjoint methods in exploration problems. He showed that Fréchet
derivatives of a given misfit function, which gives the sensitivity of data with
respect to model parameters, may be obtained by the “backpropagation”
of data residuals. Talagrand & Courtier (1987) showed in an application
to meteorological problems that one can obtain the gradient of the misfit
function by using adjoint calculations. The theory was afterwards extended
by e.g., Crase et al. (1990); Pratt (1999); Akçelik et al. (2003). Tromp
et al. (2005) put the link between seismic tomography and time-reversal
imaging (e.g., Fink, 1997) using adjoint simulations based on 3-D numerical
wave propagation and demonstrated that the gradient of a given misfit
function may be obtained by the interaction between the forward and the
adjoint wavefields which requires only two numerical simulations per event.
The sensitivity kernels computed by adjoint methods are finite-frequency
kernels (e.g., Tromp et al., 2005; Liu & Tromp, 2006, 2008). At regional or
continental scale, adjoint tomography has been put into practice by using
traveltime measurements (Tape et al., 2007) and full waveform inversion
(Fichtner et al., 2008) based upon a spectral element method.

In this thesis, we used adjoint simulations based upon the spectral ele-
ment code of Komatitsch & Tromp (2002a,b) to compute data sensitivities
in order to analyze the advantages/disadvantages of chosen misfit func-
tions. For the completeness, in the following, we give some background
information on adjoint simulations.
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2.2.1 Adjoint methods

In inverse theory, the aim is to minimize the difference between a set of
observed and predicted data defined through a misfit function by updating
the model parameters. In classical tomography, we generally have access
to the first and second derivative of the misfit function, called the gradient
and the Hessian, respectively, thus the model parameters can be updated in
one step. In adjoint tomography, the gradient is obtained through adjoint
simulations, however, not the Hessian. Therefore, the inverse problem is
solved iteratively based upon a gradient method such as conjugate gradient
or steepest descent (see Tape et al., 2007).

As shown by Tromp et al. (2005), the gradient of a misfit function, which
are the Fréchet derivatives, can be determined by the interaction of forward
wavefield, from source to receiver, and adjoint wavefield, from receiver to
source. This adjoint wavefield is constructed by an adjoint source which is
derived from a particular misfit function between observed and synthetic
seismograms and can be designed for a particular seismic observable. There
are several measurement techniques in seismic tomography such as cross-
correlation travel-time, amplitude ratio, or waveform difference, for which
the construction of sensitivity kernels are presented in Tromp et al. (2005).
For instance, the misfit function for the waveform difference is,

χ(m) =
1

2

N∑

r=1

∫ T

0
‖s(xr, t,m) − d(xr, t)‖

2 dt (2.2.1)

where s and d denote the synthetic and the observed data, respectively,
which are in general filtered and windowed within a certain frequency band
and time window. Partial derivatives with respect to model parameters
from this misfit would be,

δχ =
N∑

r=1

∫ T

0
[s(xr, t,m) − d(xr, t)] δs(xr, t,m)dt (2.2.2)

where δs is the perturbation in the displacement field s due to perturbations
in model parameters δm which basically gives the Fréchet derivatives based
on the Born approximation (Hudson, 1977; Wu & Aki, 1985). Using the
reciprocity property of the Green’s function, Tromp et al. (2005) derived
the adjoint wavefield for the waveform misfit function by,
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s†k(x
′

, t
′

) =

∫ t
′

0

∫

V

Gki(x
′

,x; t
′

− t)f †
i (x, t)d3xdt (2.2.3)

where Gki is the Green’s function reversed in time and f †
i is the adjoint

source obtained through the selected misfit function to compute the adjoint
wavefield given as,

f †
i (x, t) =

N∑

r=1

[si(xr, T − t) − di(xr, T − t)]δ(x − xr). (2.2.4)

We can also write the gradient of the misfit function in terms of model
perturbations,

δχ =

∫

V

Kρ(x)δρ(x) + Kcjklm
(x)δcjklm(x)d3x (2.2.5)

where δρ, and δcjklm are the relative model perturbations in density and
elastic parameters. The misfit kernels are then given by,

Kρ(x) = −

∫ T

0
ρ(x)s†(x, T − t) · ∂2

t s(x, t)dt (2.2.6)

Kcjklm
(x) = −

∫ T

0
ǫ†jk(x, T − t)ǫlm(x, t)dt (2.2.7)

where ǫlm and ǫ†jk are the elements of the strain and the adjoint strain
tensors, respectively. As can be noticed immediately, the kernels depend
on forward and adjoint wavefields which can be obtained by two numerical
simulations. The adjoint wavefield is controlled by an adjoint source which
is dependent on a defined misfit from a particular observable.

The derivation of the adjoint equations based on a Lagrange multiplier
method is presented by Liu & Tromp (2006) and in the review paper of
Tromp et al. (2008). We will discuss the adjoint kernels in Chapter 5
introducing new misfit functions and deriving their adjoint sources.
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2.3 About SPECFEM3D

A numerical method to compute synthetic seismograms needs to incor-
porate an anisotropic asthenosphere, a crustal model with rapid changes
in Moho thickness, sharp fluid-solid discontinuities at the inner core and
the mantle boundaries with the outer core, ellipticity, free surface topogra-
phy/bathymetry, gravity, ocean effects and attenuation. This can be fully
taken into account at either a global or regional scale by the spectral ele-
ment method code of Komatitsch & Tromp (2002a,b). In the following, we
give a brief description of the SEM code SPECFEM3D by Komatitsch &
Tromp (2002a,b) which was used to compute all the synthetic seismograms
and the adjoint simulations in this thesis.

2.3.1 Meshing the globe

The mesh, which is used for the 3-D global wave simulations, honors the
first order (Moho at 24.4 km; upper-mantle discontinuities at 220 km, 400
km and 670 km; core-mantle and inner-core boundaries) and second order
(600 km; 771 km and at top of the D”) discontinuities in PREM model
(Dziewonski & Anderson, 1981). The mesh is doubled in size firstly be-
low the Moho, secondly below 670 km, and thirdly above the inner-core
boundary. The resolution in synthetics is controlled by the parameter that
corresponds to the number of elements at the surface. The higher the num-
ber of surface elements the higher the time resolution but the longer the
simulations take. For instance, when the number of surface elements equal
to 128 × 128, a resolution down to approximately 34 s can be obtained
whereas 96 × 96 surface elements leads to a resolution down to approxi-
mately 46 s. Using 96 processors, the first and latter take approximately 5
and 3.5 hours, respectively, to compute a 45 min seismogram.

2.3.2 Velocity models

In SPECFEM3D, several 1-D radially symmetric [isotropic and transversely
isotropic PREM by Dziewonski & Anderson (1981); IASP91 by Kennett &
Engdahl (1991); 1066A by Gilbert & Dziewonski (1975); AK135 by Ken-
nett et al. (1995); REF by Kustowski et al. (2006)], 3-D crustal [Crust2.0
by Bassin et al. (2000)] and 3-D mantle models [S20RTS by Ritsema et al.
(1999); S362ANI (radial anisotropy is confined in the uppermantle), S362W-
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Figure 2.3.1: Preliminary Reference Earth Model PREM (Dziewonski & Anderson,
1981) describing the 1-D Earth’s model in terms of P-wave velocity α, S-wave
velocity β and density ρ.

MANI (anisotropy throughout the mantle) and S29EA (higher resolution
in the uppermantle beneath Eurasia) by Kustowski et al. (2006)] are im-
plemented.

In the SEM code, S20RTS is the default 3-D mantle model which uses
transversely isotropic PREM (Figure 2.3.1) as a background model. The
other 3-D mantle models are based on the 1-D model REF (there is also
a version of S362ANI based on PREM). Since crustal corrections were ap-
plied before inversion, S20RTS is used together with Crust2.0. Crust2.0 is
compiled from seismic refraction/reflection, receiver function and geolog-
ical data where available and the rest of the model was interpolated. It
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Figure 2.3.2: 3-D global crustal thickness variation from 3-D global crustal model
Crust2.0 (Bassin et al., 2000). The model can be obtained from the website
http://mahi.ucsd.edu/Gabi/rem.html.

has 2◦ × 2◦ resolution which is an improved version of previously released
5◦ × 5◦ resolution Crust5.1 (Mooney et al., 1998). Crustal thickness varies
between 6.65 km (oceanic crust) and 75 km (underneath the Himalayas)
(Figure 2.3.2). P-wave velocity, S-wave velocity and density varies between
5-6.2 km/s, 2.5-3.2 km/s and 2600-2800 kg/m3, respectively, where the as-
sociated upper mantle values for PREM are 5.8 km/s, 3.2 km/s and 2600
kg/m3. It should be noted that in SPECFEM3D, a smoothed version of
Crust2.0 is used (see Komatitsch & Tromp (2002b) for a justification). In
addition, the ice layer in Crust2.0 is excluded in the code. S20RTS (Fig-
ure 2.3.3) is a 3-D shear velocity model obtained through the inversion
of Rayleigh waves, body wave travel-times and splitting functions of the
Earth’s normal modes. It is expanded into spherical harmonics to degree
20 and parametrized by 21 splines in the vertical direction. Shear veloc-
ity perturbations were inverted with respect to PREM. A different global
model can easily be implemented in the code to simulate wave propagation.
Any 3-D model which varies smoothly laterally can be used in the same
way as S20RTS. This is done in our experiments in Chapter 4.

2.3.3 Model parameters

In simulations, it is possible to incorporate attenuation, gravity, ellipticity
and rotation effects of the Earth which can be easily switched on in the
parameter file. In the SEM code, ellipticity is taken into account as a func-
tion of depth based on Clairaut’s equation (see Dahlen & Tromp, 1998),
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the Cowling approximation is used for the gravity and Coriolis force is in-
corporated for the Earth’s rotation. In addition, free-surface topography
and bathymetry can also be incorporated with 5× 5 min2 ETOPO5 model
(NOAA, 1988). The effect of the ocean load can be added on top of the
model by turning the ocean option on without meshing the ocean column.
By default, 1-D PREM attenuation, incorporating shear attenuation only,
is used when attenuation is on (except that 1-D model 1066A uses an un-
published 1-D attenuation model from Scripps). 3-D attenuation models
can also be implemented. In Figure 2.3.4, vertical, radial and transverse
components of synthetic seismograms computed in 1-D and 3-D Earth mod-
els are shown. The 1-D model is transversely isotropic PREM with a 3-km
thick ocean layer and 3-D model is S20RTS with Crust2.0 on top. The
effect of the 3-D mantle and crust on body waves and surface waves are
clearly seen both in phase and amplitude. During the simulations oceans,
attenuation, gravity, rotation, ellipticity and topography of the Earth are
considered except that in PREM seismograms topography was not used.
Another note is that Earth’s radius is taken 6371 km in all models except
that for PREM with ocean layer on top the radius should be set to 6368
km.

2.3.4 Source time function

For global simulations, the source is represented by a point source. The
Harvard Centroid-Moment Tensor (CMT) solution is used to describe the
point source in the SEM code. The source time function can be incor-
porated either during or after the simulations based on the half duration
defined in the CMT file. If the half duration is set to zero, a very short
moment rate function is used to represent the source time function. The
advantage of it is that, after the simulations are done, the synthetic seis-
mograms can be convolved with a variety of source-time functions. If the
half-duration is not zero, then, the seismogrmas are, by default, convolved
by a Gaussian source-time function with half-width of the half duration.
The Gaussian source used in the code is like a smoothed triangular source
in shape (see Komatitsch & Tromp (2002a) and the manual for details).

2.3.5 Comparison of SEM and normal mode seismograms

The accuracy of SEM seismograms was tested by the comparisons of SEM
seismograms computed in 1-D Earth models with normal mode seismo-
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Figure 2.3.3: Shear velocity perturbation maps of the 3-D global mantle model
S20RTS (Ritsema et al., 1999) plotted as depth slices.
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Figure 2.3.4: Synthetic seismograms computed in 1-D PREM (blue) and 3-D man-
tle S20RTS with 3-D crust Crust2.0 on top (red) for the Hokkaido earthquake (2004
November 28, Mw = 7.0) recorded at the station MELI (∆ = 97◦). The ray path
is shown in the map where the earthquake and the station are denoted by a star
and a triangle, respectively.
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grams in Komatitsch & Tromp (2002a,b) (also see the manual of the code).
It is however good to repeat the comparisons in order to check if the code is
used in the right way. This benchmark is quite tricky since one must make
sure that all parameters, such as attenuation, gravity, ellipticity, rotation
etc., are the same in both methods. Furthermore, the PREM model used
in the SEM code can be different from the original PREM model. There-
fore, the best strategy is to take the velocity model from the SEM code
and feed it into the normal mode code. We recommend that this is done
in any benchmark or comparative studies (see Chapter 3). Such examples
can be found in the package of the SPECFEM3D version 4.0. In Figure
2.3.5, we present a sample comparison between the SEM and normal-mode
seismograms at vertical, radial and transverse components from a sample
ray path where the both sets of synthetics perfectly match with each other.

2.3.6 Adjoint simulations

Adjoint simulations for one earthquake basically requires two numerical
simulations, one for the forward wavefield and another for the adjoint wave-
field. To initiate the adjoint simulation, one must first prepare an adjoint
source based on a selected misfit function and give it as an input to the
code at 3-components (vertical, north-south, east-west). This can typically
be the cross-correlation of travel-time or waveform difference for a chosen
observable. As default, in the SEM code, cross-correlation travel-time ad-
joint sources can easily be computed within a given window length. Other
types of adjoint sources can also be used as demonstrated in Chapter 5. In
the construction of the sensitivity kernels, there is a need to access both,
forward and the time-reversed adjoint wavefields. However, it is problem-
atic due to high storage and memory requirements. Therefore, in the SEM
code, after the forward run, the last frame of the wave propagation is saved
and then time-reversed backward simulation is started simultaneously with
the adjoint simulation. This makes it possible to access the regular and the
adjoint wavefields at a specific time t to construct the sensitivity kernels.

In Figure 2.3.6, sample finite-frequency adjoint kernels computed in
isotropic PREM model for P-wave down to 20 s and 40 s is presented for
a given source and receiver pair. The simulations were done in isotropic
PREM model without an ocean layer on top. Gravity, ellipticity and rota-
tion were not used. The banana-doughnut shape of the kernels can be seen
very clearly. The kernels are frequency dependent, as the period increases
the kernel gets broaden. In the high-frequency limit, the banana-doughnut
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Figure 2.3.5: Comparisons of SEM seismograms with normal mode seismograms
computed in transversely isotropic PREM model without ocean layer for the Van-
uatu earthquake (1999 November 26, Mw = 7) recorded at the station PEL
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and attenuation were added. The seismograms can be found in the SPECFEM3D
package.
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Figure 2.3.6: Cross-sections of the finite-frequency adjoint kernels between source
and receiver for P-wave sensitivity for the P-waves filtered down to 20 s (blue
seismogram) and 40 s (red seismogram). The source (Bolivia earthquake, 1994
June 9, Mw = 8.0) and the receiver (station DRLN, ∆ = 63◦) are shown by the
circles in the kernels. The ray path is shown in the map where the earthquake and
the station are denoted by a star and a triangle, respectively.
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kernel will collapse onto the ray path.
As shown by Tromp et al. (2005); Liu & Tromp (2008), attenuation can

naturally be incorporated in adjoint simulations. However, due to technical
difficulties it has not been implemented in adjoint simulations, yet.

2.3.7 Technical Information

SPECFEM3D strictly conforms to the Fortran95 standards. It uses par-
allel programing based on Message Passing Interface (MPI) to run on PC
clusters. The simulations in Chapter 3-Chapter 4 and in Chapter 5 were
performed using 54 and 96 processors of a 64 and 128-processor clusters,
respectively, at Utrecht University Seismology Group.
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Chapter 3

On crustal corrections in
surface wave tomography

Summary

Mantle models from surface waves rely on good crustal corrections. We
investigated how far ray theoretical and finite-frequency approximations
can predict crustal corrections for fundamental mode surface waves. Us-
ing a spectral element method, we calculated synthetic seismograms in
transversely isotropic PREM and in the 3-D crustal model Crust2.0 on
top of PREM, and measured the corresponding time-shifts as a function
of period. We then applied phase corrections to the PREM seismograms
using ray theory and finite-frequency theory with exact local phase velocity
perturbations from Crust2.0 and looked at the residual time-shifts. After
crustal corrections, residuals fall within the uncertainty of measured phase
velocities for periods longer than 60 s and 80 s for Rayleigh and Love waves,
respectively. Rayleigh and Love waves are affected in a highly non-linear
way by the crustal type. Oceanic crust affects Love waves stronger, while
Rayleigh waves change most in continental crust. As a consequence, we
find that the imperfect crustal corrections could have a large impact on our
inferences of radial anisotropy. If we want to map anisotropy correctly, we
should invert simultaneously for mantle and crust. The latter can only be
achieved by using perturbation theory from a good 3-D starting model, or

The content of this chapter was published as: Bozdağ, E. & Trampert, J., 2008. On
crustal corrections in surface wave tomography, Geophysical Journal International, 172,
1066-1082, doi:10.1111/j.1365-246X.2007.03690.x.
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implementing full non-linearity from a 1-D starting model.

3.1 Introduction

Much of our knowledge on upper mantle structure is based on surface wave
experiments. However, the strong influence of the crust on the propaga-
tion of surface waves, even at long periods, makes the inversion for mantle
structure very difficult. In most studies, crustal contributions, often as
large as those from the mantle, are removed from surface wave data before
constructing mantle models. Linear perturbation theory was used in the
earlier examples of crustal corrections. Woodhouse & Dziewonski (1984)
used two simple models for oceanic and continental crust and calculated
local frequency perturbations for crustal corrections based on an ocean-
continent function. Nataf et al. (1986) made crustal corrections consider-
ing crustal thicknesses, Pn and Sn velocities, ocean depth and topography
defining two continental and five oceanic models. However, crustal thick-
ness, which is the dominant factor in these corrections, varies too much
for linear perturbation theory to remain valid. Montagner & Jobert (1988)
showed that shallow layer variations are indeed strongly non-linear even at
periods longer than 100 s. They proposed to model the non-linear effects by
calculating exact phase velocities for three different crustal reference mod-
els, together with linear perturbations around these three models. This hy-
brid approach has recently been reviewed by Marone & Romanowicz (2007)
and Kustowski et al. (1995). Li & Romanowicz (1996), on the other hand,
pointed out that using a prior model for crustal corrections could bias the
tomographic images. Instead of using a model for corrections, they allowed
Moho depth to change during the tomographic inversion. This approach
was also preferred by Shapiro & Ritzwoller (2002).

Today, detailed 3-D crustal models, compiled from a large set of refrac-
tion, reflection and geological data, are available (3SMAC, Nataf & Ricard
1996; Crust 5.1, Mooney et al. 1998; Crust2.0, Bassin et al. 2000). The
development of computer facilities in recent years has made it possible to
calculate the exact eigenfunctions at each point of such 3-D crustal models.
Not only thickness variations, but also all changes of the structure of the
crust can be taken into account. Once the exact local phase perturbations
are calculated for each point of the 3-D crustal model, phase shifts along
the (great circle) path can be determined using ray theoretical approxi-
mations (e.g., Ritsema et al., 1999; Boschi & Ekström, 2002; Trampert &
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Spetzler, 2006). The basis of this path integral approximation originates
from the analysis of Woodhouse (1974) who showed that, in the high fre-
quency approximation, the local eigenfunctions at each point are identical
to those determined from a spherically symmetric earth defined with the
properties beneath that point. The accumulated phase of each individual
mode along the path is the integral of the local phase slowness. However,
in the presence of rapid structural changes compared to the wavelength of
the surface wave, deviations from the great circle, and/or mode coupling
and/or the complete breakdown of ray theory are to be expected. Com-
monly proposed extensions integrate over some influence zone rather than a
ray path and use, to first order, 2-D horizontal kernels (e.g., Spetzler et al.,
2002; Yoshizawa & Kennett, 2002; Ritzwoller et al., 2002) depending on
the approximations made, or better, full 3-D kernels as recently advocated
by Zhou et al. (2004).

Local phase perturbations due to the crustal structure are so large that
both ray theory and Born theory break down (e.g., Wang & Dahlen, 1995;
Zhou et al., 2005), at least for high frequency surface waves. Nevertheless,
such corrections are constantly being made and much of our upper mantle
knowledge depends on their accuracy. With the availability of the spectral
element code (Komatitsch & Tromp, 2002a,b), we are for the first time in
a position to quantify this accuracy. Crustal corrections cannot be handled
by perturbation theory. This has clearly been demonstrated in the ray
theoretical framework (Montagner & Jobert, 1988) and the Born theoretical
framework (Zhou et al., 2005). The best remaining option is to integrate
exact local phase shifts on the sphere along a ray path (Zhou et al., 2005).
We will also investigate the use of 2-D Born kernels (Spetzler et al., 2002).
Zhou et al. (2004) explained that the correct 3-D kernels reduce to 2-D
kernels if we neglect mode coupling and assume forward scattering. Our
reference model (as that of existing studies) is laterally homogeneous which
means that forward scattering dominates (Snieder, 1988). Although not
perfect, the 2-D kernels have the advantage that they allow to incorporate
the vertical non-linearity of the local crustal structure similarly to the ray
theoretical tests. Therefore, we decided to investigate their suitability for
crustal corrections. We tested the accuracy of crustal corrections using
the great circle approximation, exact ray theory and 2-D finite-frequency
theory. The aim is not to investigate the validity of ray or finite-frequency
theory, which has extensively been discussed in the literature, but rather
to understand to what extent we can actually remove the
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crustal signal from fundamental mode surface waves using these approx-
imations. We computed synthetic seismograms in transversely isotropic
PREM (Dziewonski & Anderson, 1981) and PREM with 3-D crustal model
Crust2.0 (Bassin et al., 2000) on top, using the spectral element code (Ko-
matitsch & Tromp, 2002a,b). We measured the time-shifts between these
synthetic seismograms as a function of period and compared them with ray
theoretical and finite-frequency predictions. It is worth noting that this is
the best case scenario where we know the crust. In real seismograms, the
actual crust is unknown and therefore our estimates will be on the opti-
mistic side. In the following section, we give a brief outline of the methods
and how we measured the time-shifts. In section 3, we analyse the results,
and in section 4, we investigate the impact of imperfect corrections on sur-
face wave tomography. Finally, a discussion and the conclusions of our
findings are presented in section 5 and 6, respectively.

3.2 Method

3.2.1 Calculation of synthetic seismograms

It is now possible to simulate wave propagation in 3-D earth models using
numerical techniques, at either a global or regional scale. The Spectral
Element Method (SEM) is most successful for wave simulations in terms
of its accuracy and applicability to complex structures. We used the SEM
code by Komatitsch & Tromp (2002a,b) for the computation of synthetic
seismograms. We selected 11 earthquakes from the global CMT catalogue
(Table 3.2.1) and 253 stations distributed worldwide (Figure 3.2.1). We
produced two sets of data corresponding to two different velocity models:
(i) 1-D transversely isotropic PREM (Dziewonski & Anderson, 1981) with
a 3 km-thick ocean layer on top, and (ii) the 3-D crustal model Crust2.0
(Bassin et al., 2000) with 2◦×2◦ grid resolution on top of PREM including
bathymetry, topography and the ocean (hereafter called PREM+Crust2.0).
We also included gravity and attenuation in the calculations. The imple-
mention of the models is described in Komatitsch & Tromp (2002a,b) and
in the documentation of the code. The length of each seismogram is three
hours, which is sufficient to observe the major arc surface waves. Based on
the mesh we used in our simulations, the shortest period in our synthetics
is approximately 30 s. Vertical and transverse components of sample seis-
mograms for an oceanic and a continental path (A and B in Figure 3.2.1)
are presented in Figure 3.2.2). The effect of the 3-D crust on fundamental
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Table 3.2.1: List of earthquakes selected from the global CMT catalogue
(www.globalcmt.org) to compute the synthetic seismograms.

Event name Region Date Moment Depth
magnitude (km)

(Mw)

011604D Central Mid-Atlantic 16/01/2004 6.2 15
012904B Southern East Pacific Rise 29/01/2004 6.1 15
020504B Irian Jaya Region, Indonesia 05/02/2004 7.0 13
022304E Samoa Islands Region 23/02/2004 6.1 12
031704C Crete, Greece 17/03/2004 6.0 12
032704G Xizang 27/03/2004 6.0 12
052804A Northern and Central Iran 28/05/2004 6.3 22
060904C Western Indian-Antarctic 09/06/2004 6.4 12
092804G South of Africa 28/09/2004 6.3 12
100904E Near Coast of Nicaragua 09/10/2004 6.9 39
110204F Vancouver Island, Canada 02/11/2004 6.6 19

mode Rayleigh and Love waves can clearly be seen. Oceanic crust increases
the phase speed whereas surface waves are delayed by travelling in the 3-D
continental crust. Another important feature of the seismograms is that the
3-D crust changes the waveforms, and as expected mostly of Love waves.

3.2.2 Calculation of exact local phase velocity perturbations
in Crust2.0

Following Woodhouse (1974), we calculated the local modes by solving the
normal mode equations in a radially symmetric earth model corresponding
to PREM+Crust2.0 at the desired point. From the local phase velocity
in that model, we subtracted the PREM phase velocity to obtain the lo-
cal phase velocity perturbations δc/c0. To make the calculation with SEM
and the normal mode code (eosani, courtesy of John Woodhouse) compa-
rable, we needed to sample the Earth models at the same points. For the
vertical sampling, we printed out the SEM mesh at the desired latitude
and longitude and fed this into eosani. The remaining difference is that
SEM interpolates using five Lagrange polynomials of degree 4 and eosani
interpolates using cubic splines between two mesh points. We verified that
this effect is negligible, and for a 1-D model we achieved quasi exact corre-
spondence between SEM and normal mode seismograms at periods longer
than 40 seconds (see similar comparisons in Komatitsch & Tromp (2002a)).
Crust2.0 is sampled every 2◦×2◦, but the SEM mesh corresponds to more
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A

B
C

D

Figure 3.2.1: Distribution of 253 stations (triangles) and 11 earthquakes (stars)
used to compute the synthetic seismograms. Blue lines are specific ray paths
discussed in the text and used in Figures 3.2.2, 3.3.1 and 3.3.2.

than 1.8 million points at the surface. To avoid sharp edges, SEM uses lo-
cal lateral smoothing of the crustal model (Komatitsch & Tromp, 2002b).
In all correctness, we should calculate the local modes at all 1.8 million
surface points, but this would put a tremendous time burden on the cal-
culations (200 days rather than 2 days for all local modes). Instead, we
only sampled at the original points given in Crust2.0 and smoothed the
local phase velocity afterwards using various expansions. We used a local
smoothing similar as in SEM, and a global spherical harmonic smoothing
with different degrees of expansion as used in many existing studies.

3.2.3 Calculation of phase shifts

Once the local phase velocity perturbations are obtained, the total phase
shift between source and receiver due to the crustal model is calculated by
summing the perturbations either along the great circle path, the exact ray
path or over the 2−D influence zone.

In the great circle approximation (GCA), phase velocity perturbations
are integrated along the great circle path resulting in a phase shift

δφ = −
ω

c0

∫ ∆

0

δc

c0
(θ, ϕ)d∆. (3.2.1)

c0 is the phase velocity in PREM at the angular frequency ω, θ and ϕ are
latitude and longitude, respectively, and ∆ is the angular distance between
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Figure 3.2.2: Vertical (LHZ) and transverse (LHT) components of sample SEM
seismograms computed in PREM (blue lines) and PREM+Crust2.0 (red lines)
for the continental (A) and oceanic (B) paths shown in Figure 3.2.1. Synthetics
were computed for a) the Xizang earthquake (2004 March 27, Mw = 6.0) recorded
at the station BNI in Europe (∆ = 62◦) and b) the Southern East Pacific Rise
earthquake (2004 January 29, Mw = 6.1) recorded at the station MAUI in the
Pacific (∆ = 80◦). Seismograms were bandpass filtered with corner frequencies
0.0025 and 0.025 Hz.
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source and receiver. The sign is due to our Fourier transform convention.
The ray path, of course, depends on the local phase velocity. To take

this non-linearity into account, the local perturbations can be summed
along the exact ray path, which we refer to as exact ray theory (ERT). We
performed ray tracing using the theory outlined in Woodhouse & Wong
(1986). The phase shift can be obtained from

δφ = −
ω

c0

∫

ray

δc

c0
(θ, ϕ)ds (3.2.2)

GCA and ERT are formally the same; the only difference comes from the
integration of perturbations along either the great circle or the exact ray
path.

Both GCA and ERT are high frequency approximations, to take the
finite-frequency of surface waves into account, the path integral can be
replaced by an integral over a sensitivity kernel which we refer to as finite-
frequency theory (FFT). The phase shift is then calculated as

δφ = −

∫ ∫

sphere

K(θ, ϕ)
δc

c0
(θ, ϕ)dθdφ (3.2.3)

where K(θ, ϕ) is the 2−D sensitivity kernel from Spetzler et al. (2002)
calculated in PREM, using appropriate frequency averaging, but neglecting
source and receiver contributions.

3.2.4 Measuring the time-shifts as a function of frequency

In this work, we are only interested in fundamental mode surface waves.
To extract the fundamental mode R1, R2, G1, and G2, we applied a time-
variable filter (Cara 1973) to the synthetic seismograms. The Fourier trans-
form of the surface wave seismograms in terms of amplitude (A) and phase
(φ) can be written as

SP (ω) = AP (ω)exp[φP (ω)] (3.2.4)

and

SP+C(ω) = AP+C(ω)exp[φP+C(ω)] (3.2.5)
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where subscripts P and P + C denote seismograms in PREM alone and
PREM+Crust2.0, respectively. To determine the phase shift between these
two seismograms, we cross-correlated SP+C(ω) with SP (ω) and measured
the phase of the cross-correlogram as a function of frequency. After un-
wrapping the phase, the time-shifts between PREM+Crust2.0 and PREM
seismograms are obtained by dividing the phase of the cross-correlogram
by the angular frequency

δt(ω) =
φP+C(ω) − φP (ω)

ω
(3.2.6)

In a similar way, the phase shift between seismograms PREM+Crust2.0 and
PREM with crustal correction using ray theory or finite-frequency theory
can be obtained. At all frequencies, the corrected PREM seismograms can
be written as;

Scc
P (ω) = AP (ω)exp[φP (ω) + δφ(ω)] (3.2.7)

where the calculation of δφ(ω) is outlined in Section 3.2.3. The time-shift
from the cross-correlation is now;

δtcc(ω) =
φP+C(ω) − φP (ω) − δφ(ω)

ω
. (3.2.8)

To avoid amplitude problems, we multiplied the amplitude of SP (ω) and
Scc

P (ω) with AP+C(ω)/AP (ω) before the cross-correlation to equalize all
amplitudes.

3.3 Results

Comparing time-shifts before (δt) and after (δtcc) correction, gives us a
good idea on the effectiveness of the applied correction. Note that if the
correction is perfect, δtcc is close to zero. Time-shifts are a more convenient
measure than relative phase shifts because they allow a direct interpretation
in terms of cycles when compared to the period. Before analysing time-
shifts, we excluded source-receiver distances ∆ < 20◦, 160◦ < ∆ < 180◦,
180◦ < ∆ < 200◦ and ∆ > 340◦ to avoid minor and major arc interfer-
ences which influence the phase. We also excluded the paths within 20◦ of
the nodal plane of the radiation pattern where the phase can be severely
distorted.
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3.3.1 Some examples of time-shifts

Let us first concentrate on several individual paths shown in Figure 3.2.1.
For the continental path (A), the crust delays the surface waves consider-
ably (Figures 3.3.1 and 3.3.2), up to two cycles for short period Love waves.
The bulk of the crustal signal is corrected, but it is not perfect. The dif-
ferent lateral smoothing strategies give consistent results with at most 6 s
difference for short period Love waves. For the oceanic path (B), the obser-
vations are pretty similar. Notable is a large overprediction of the crustal
effect for short period oceanic Love waves, much larger than for short period
continental Rayleigh waves. This is most likely due to wavefront smoothing
effects (Wang & Dahlen, 1995) where ray theoretical predictions tend to
overestimate absolute phase anomalies. The difference between the differ-
ent smoothing strategies is again of the same order and it is not clear which
kernel performs best. Next, let us look at a path along an ocean-continent
boundary (C). The most striking observation is that now FFT with local
smoothing performs significantly better for both Rayleigh and Love waves.
This is exactly what you would expect, the ray is either in the ocean or
the continent, depending on the path, but the finite-frequency wave senses
both which is of course much better modelled by the FFT kernel. The
FFT kernel together with spherical harmonic smoothing performs well at
long periods only. Short period waves sense the small scale variations in
crustal gradients which are smoothed by the spherical harmonic expansion.
Finally, for a path which is perpendicular to the ocean-continent boundary
(D) the FFT advantage is not so clear any more. The nature of the kernel
or the smoothing strategy matter little and all residuals are again within a
few seconds of each other, all showing overcorrections.

We cannot look at all the paths individually. In the following, we will
examine the results statistically.

3.3.2 Time-shifts as a function of distance

To examine the influence of the source-receiver distance on the correc-
tions, we grouped the time-shifts obtained from both minor and major arc
measurements into six distance bins containing approximately the same
amount of data. The histograms in Figure 3.3.3 show the time-shifts for
150 s Rayleigh waves. Grey histograms correspond to the time-shift (δt)
(eq. 3.2.6) between PREM+Crust2.0 and PREM seismograms. Negative
time-shifts correspond to cases where the crust advances the phase (i.e.
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Figure 3.3.1: Observed (δt) and residual (δtcc) time-shifts as a function of period
for Rayleigh waves from; (A) the continental path, (B) the oceanic path, (C) the
path along the ocean-continent boundary, (D) the path perpendicular to the ocean-
continent boundary shown in Figure 3.2.1. LS and GS denote local smoothing and
global smoothing (spherical harmonic degree 40), respectively.
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Figure 3.3.2: Same as Figure 3.3.1 but for Love waves.

thinner oceanic crust). Positive time-shifts correspond to paths with an
average thicker crust than PREM. Red histograms correspond to residual
time-shifts (δtcc) (eq. 3.2.8) after correction. The corrections, calculated
using GCA together with local smoothing, are not perfect, but remove a
large part of crustal signal. We notice a slight shift of the residual his-
tograms towards positive times as the distance increases. This is due to
wavefront smoothing effects (Wang & Dahlen, 1995). Ray theoretical pre-
dictions tend to give extreme values for slow and fast paths. For longer
distances, the oceanic paths dominate more and more and hence a shift of
the residuals to the right. At short distances, there are about as many con-
tinental and oceanic paths and the residuals are nicely centred around zero.
A similar picture is seen for Love waves at 150 s (Figure 3.3.4), although the
corrections work slightly less well, because Love waves are more effected by
the crust. At 80 s (Figures 3.3.5 and 3.3.6), the crustal effects are stronger,
even bigger than a cycle for the longest paths. Still, the corrections manage
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to bring the residuals down to less than half a cycle. The average positive
time-shift for the residuals becomes stronger. At 40 seconds (Figures 3.3.7
and 3.3.8), the surface waves see the full effect of the crust and time-shifts
up to five cycles are seen. Although the corrections account for much, for
many paths, they do not manage to bring the residuals down to a fraction
a cycle. Because the crustal effect is so strong on these short period surface
waves, the wavefront smoothing effect is also most noticeable.

So far, the discussion remained rather qualitative. In order to quantify
how good or bad the corrections are, we propose to compare the residual
time-shifts to actual uncertainties in phase velocity measurements used in
surface wave tomography. We chose uncertainties from the measurements
published in the latest compilation of Trampert & Woodhouse (2001) who
performed cluster analysis on similar paths. Table 3.3.1 shows the aver-
age standard deviations for δc/c0 from this analysis. Figure 3.3.9 shows an
example of residuals as a function of distance compared to the average mea-
surement uncertainty σ(δt) = σ(δc/c0)

x
c0

, where x is the distance and c0 is
the reference phase velocity. The measurement uncertainties are assumed
to be Gaussian distributed therefore the probability that the actual uncer-
tainty is bigger than one standard deviation is 0.31731. From Figure 3.3.9,
we can evaluate the probability p that our residuals are bigger than the
same standard deviation. Bayesian statistics then tell us that the residuals
are p/0.31731 times more likely than the actual measurement uncertainties
to be bigger than one standard deviation. A ratio larger than 1 means that
the residuals contain significant signal beyond the measurement uncertain-
ties and are likely to bias models in tomographic inversions. Figures 3.3.10
and 3.3.11 show this ratio for different periods for Love and Rayleigh waves.
One can repeat this analysis for two standard deviations. The results would
look better because we would miss part of the offset of the residuals due to
wavefront smoothing effects. However, this offset can potentially bias the
tomographic models, and therefore we prefer to judge the residuals using
one standard deviation of the measurement uncertainties.
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Figure 3.3.3: Histograms of time-shifts for 150 s Rayleigh waves from GCA and
local smoothing as a function of distance. Grey and red bars are the observed (δt)
and residual (δtcc) time-shifts, respectively.



3.3 Results 45

−80 −60 −40 −20 0 20 40 60 80
0

35

70

0 − 6000 km

−80 −60 −40 −20 0 20 40 60 80
0

45

90

6000 − 12000 km

−80 −60 −40 −20 0 20 40 60 80
0

30

60

12000 − 20000 km

−80 −60 −40 −20 0 20 40 60 80
0

30

60

nu
m

be
r 

of
 ti

m
e 

sh
ift

s

22000 − 28000 km

−80 −60 −40 −20 0 20 40 60 80
0

25

50

28000 − 32000 km

−80 −60 −40 −20 0 20 40 60 80
0

20

40

time shift (s)

32000 − 38000 km

Figure 3.3.4: Same as Figure 3.3.3, but for 150 s Love waves.
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Figure 3.3.5: Same as Figure 3.3.3, but for 80 s Rayleigh waves.
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Figure 3.3.6: Same as Figure 3.3.3, but for 80 s Love waves.
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Figure 3.3.7: Same as Figure 3.3.3, but for 40 s Rayleigh waves.
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Figure 3.3.8: Same as Figure 3.3.3, but for 40 s Love waves.
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Table 3.3.1: Average uncertainties for measurements of δc/c0 (Trampert & Wood-
house, 2001) from cluster analysis.

Period Average uncertainty for Average uncertainty for
Rayleigh Love

150 s 3.92 × 10−3 5.64 × 10−3

100 s 4.02 × 10−3 4.50 × 10−3

80 s 3.86 × 10−3 4.44 × 10−3

60 s 3.65 × 10−3 4.29 × 10−3

40 s 3.24 × 10−3 4.22 × 10−3

As one would expect, GCA crustal corrections work well for long period
Love and Rayleigh waves which only experience limited effects from the
crustal model. The residual time-shifts almost completely fall within one
standard deviation of the measurement uncertainties and hence should be
absorbed by the uncertainties without any trace in a mantle model if there
are no systematics in the residuals. In general, the corrections are better
for Rayleigh than Love waves which of course reflect the fact that Love
waves sense the crust more than Rayleigh waves. Our statistics show that
the corrections work reasonably well for Rayleigh waves from 60 s onwards,
although the cut-off is somewhat distance dependent. For Love waves this
situation is clearer and corrections work well from 80 s onwards based on our
Bayesian criterion. Our analysis indicates that the corrections are good at
longer periods, but there is the remaining issue that the residual histograms
are not centred around zero. This bias could introduce artefacts into the
tomographic models and only a depth inversion of the residuals (see Section
3.4) will reveal its importance.

3.3.3 The effect of different crustal types

We also investigated whether different crustal types might influence the
effectiveness of the crustal corrections. We therefore regrouped the time-
shifts according to the percentage of continental crust along the ray path.
Corrections for Rayleigh and Love waves at periods longer than 80 s are
similar although the results are slightly better for Rayleigh waves. The best
results are obtained from purely oceanic paths where all the observed time-
shifts are almost completely corrected to around zero. As the percentage
of continental crust is increased, the residual time-shifts become larger.
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Figure 3.3.9: Scatter plot of residual time-shifts (δtcc) as a function of distance
for 40 s Love waves using GCA together with local smoothing. The average un-
certainty determined from the actual phase velocity measurements of Trampert
& Woodhouse (2001) is shown by thin (one standard deviation) and thick (two
standard deviation) lines.

The largest time-shifts are obtained for the paths having ocean-continent
transitions, but the main contribution to larger residual time-shifts comes
from major arcs.

At short periods, we can see more clearly that Rayleigh and Love waves
are affected in different ways by continental and oceanic crusts. In Figure
3.3.12, we present results for purely continental and purely oceanic paths
for a common distance bin for 40 s Rayleigh and Love waves. Observed
time-shifts up to 60 s in oceanic crust can effectively be corrected for 40 s
Rayleigh waves whereas residual time-shifts are on average over-corrected
by 15 s for Love waves. The latter is likely the wavefront smoothing effect
identified by Wang & Dahlen (1995), where thin oceanic crust affects finite-
frequency Love waves in a highly non-linear way. Although oceanic crust
is mostly uniform, detailed comparisons of 1−D normal mode seismograms
with an average oceanic crust and SEM seismograms in PREM+Crust2.0
have shown that mid-oceanic ridges and ocean islands, where the stations
are located, have a considerable effect on the waveforms. Figure 3.3.10
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Figure 3.3.10: Likelihood factor as a function of distance for Rayleigh waves indi-
cating how many times the residual time-shifts (δtcc) are bigger than the actual
phase measurement uncertainties.
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Figure 3.3.11: Same as Figure 3.3.10, but for Love waves.
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shows this dramatic change of waveforms between 1−D and 3−D crusts.
Corrections for purely continental paths are slightly better for 40 s Love
waves than Rayleigh waves. The non-linear wavefront smoothing now af-
fects Rayleigh waveforms more strongly. 40 s Rayleigh waves have higher
sensitivity around the Moho depth of continental crust, whereas 40 s Love
waves sense much shallower variations more strongly. This non-linearity
of different crustal types elegantly explains our results. Non-linearity is
stronger for Love waves than Rayleigh waves and linearized corrections
work better on Rayleigh waves. For longer paths, oceanic crust is domi-
nant and hence Love waves quickly deteriorate as a function of distance. For
the short paths, continental crust is dominant, therefore 40−60 s Rayleigh
waves are worse affected than Love waves (Figures 3.3.10 and 3.3.11).

3.3.4 Comparison of different methods

So far we presented results for GCA using the same local smoothing of
the crustal model as in the SEM calculations. It is interesting to know
if crustal corrections based on global smoothing change the results. Most
models expanded in spherical harmonics use crustal corrections expanded
on spherical harmonics as well (e.g., Ritsema et al., 1999). Therefore, we
checked the effect of different smoothing techniques (local smoothing and
global smoothing by spherical harmonic expansion) on GCA. Up to degree
40, at 40 and 150 s, different smoothing strategies give statistically similar
results (Figure 3.3.13). We checked that this is true for all other periods as
well. We also compared local smoothing with higher degrees of spherical
harmonic expansion (l = 60, l= 80) and the results remained the same.

It is further important to know if extensions to GCA are worth consid-
ering. We therefore implemented two commonly used methods using 2−D
finite-frequency kernels and exact ray tracing. Comparisons between GCA
and FFT, using local smoothing of the crustal model, show that residual
time-shifts for 40 s and 150 s Rayleigh and Love waves are statistically
similar (Figure 3.4.1). We observed that FFT shows a clear improvement,
especially for Love waves that are most sensitive to the crustal hetero-
geneities, for the paths along the ocean-continent boundaries (see Figures
3.3.1 and 3.3.2). However, from a statistical point of view, given a realistic
path coverage, the advantage of FFT is lost on average.

Exact ray tracing is difficult in complicated structures such as Crust2.0.
Multipathing is so severe that it is difficult to find the correct ray path. To
make ray tracing practical, we used a smooth version of the crustal model
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Figure 3.3.12: Histograms of time-shifts (GCA with local smoothing of the crust)
for 40 s Rayleigh and Love waves for purely oceanic and purely continental paths.
Grey and red bars are observed (δt) and residual (δtcc) time-shifts, respectively.
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and compared ERT to GCA in the crustal models expanded in spherical
harmonics up to degree 40 and for minor arcs only. Scatter plots com-
paring GCA and ERT at 40 s and 150 s Rayleigh and Love waves (Figure
3.4.2) show the known Fermat bias (more points above the diagonal), which
means that phase shifts along the exact ray path are always smaller than
phase shifts along the great circle path (e.g., Dahlen & Tromp, 1998). Note
that we plotted time-shifts between PREM+Crust2.0 and PREM seismo-
grams rather than direct measurements of phase. ERT clearly improves
crustal corrections for short period Love waves, which are more affected by
wavefront smoothing effects. Because ERT predicts smaller phase shifts,
the over-correction is less severe. However, this improvement (< 10 s) is
modest compared to the residual time-shifts for 40 s Love waves (Figure
3.3.8) and does not really justify to try and handle the complexity of ray
tracing in a rough crustal model.

3.4 Consequences for surface wave tomography

We found that residuals of crustal corrections fall within measurement un-
certainties for longer period surface waves (longer than 60 s for Rayleigh
and longer than 80 s for Love waves). This statistical analysis does not
inform on systematics within these residuals apart from the shift of the
histograms due to wavefront smoothing. To investigate how far the imper-
fect crustal corrections bias tomographic models, we simply inverted the
residuals δtcc (eq. 3.2.8) for a shear velocity model. We assumed that the
GCA residuals are path averages and inverted 1731 minor and 1731 major
arc data for Rayleigh and 1420 minor and 1420 major arc data for Love,
sampled at 40, 60, 80, 100 and 150 s, as described in Trampert & Spetzler
(2006). The model is parameterized laterally into spherical harmonics up to
degree 20 and vertically into 9 splines to a depth of 600 km and regularized
using first derivative smoothing. We further assume that Love wave data
produce an SH model and Rayleigh wave data an SV model (e.g., Ekström
& Dziewonski, 1998).
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Figure 3.3.13: Scatter plots of residual time-shifts (δtcc) using GCA with local
smoothing (LS) and global spherical harmonic smoothing up to degree of 40 (GS)
of the crustal correction at 150 s (upper plots) and 40 s (lower plots) Rayleigh and
Love waves. Black and grey dots are the time-shifts from minor and major arc
measurements.
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Figure 3.4.2: Scatter plots of residual time-shifts (δtcc) for GCA and FFT using
spherical harmonic smoothing up to degree 40 for 150 s (upper plots) and 40 s
(lower plots) minor arc Rayleigh and Love waves.

Figure 3.5.1 shows the rms-amplitude of the models as a function of
depth. As expected, the SH model has about 1.5 − 2 times higher ampli-
tude than the SV model in the first 400 km depth, reflecting the fact that
Rayleigh wave crustal corrections are generally better than those for Love
waves. For both, Love and Rayleigh waves, the amplitudes are strongest
just below the crust. The amplitudes decay quickly and are reduced by
about 70% at 100 km. They then continue to decay slowly, but remain
significant to at least 400 km depth. The absolute amplitudes are difficult
to determine because they strongly depend on regularization, but we can
compare the amplitudes to a similarly damped more complete SV model
using 1.5 million fundamental mode and overtone data (Figure 3, middle
panel, in Trampert & Spetzler (2006)). We see that the SV model from
the crustal residuals is about 2 − 4 times smaller. This is reassuring, but
equally important, the pattern of heterogeneity has no correlation to that
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seen in published models. The SH model from crustal residuals, however,
has stronger amplitudes and is only 1 − 2 times smaller than the model of
Trampert & Spetzler (2006). This is very important for inferences on seis-
mic anisotropy. Following Ekström & Dziewonski (1998), we plot lateral
variations of radial anisotropy (δlnVSV − δlnVSH , Figure 3.5.2). The most
striking features are that the shallow anisotropy is strong (see also Figure
3.5.1) and overall changes sign between 50 and 150 km depth (we find a
global correlation of −0.53 between these two maps). Such a sign change
in anisotropy has been reported before (e.g., Ekström & Dziewonski, 1998)
and hence could be due to imperfect crustal corrections. We further won-
dered what would happen if we only included frequencies for which the
corrections are acceptable. Inspired by Figures 3.3.10 and 3.3.11 we only
inverted frequencies from 60 and 80 s onwards for Rayleigh and Love, re-
spectively. We saw that the bias in anisotropy is reduced by a factor of 1.5
in the first 100 km and no overall sign change occurs. Imperfect crustal
corrections can thus bias surface wave tomography models (isotropic and
anisotropic) throughout the upper mantle with an rms-amplitude shown in
Figure 3.5.1. If high frequency (40 s) surface waves are used, the shallow
apparent anisotropy can be strong, and have a sign change around 100 km
depth, only because of imperfect crustal corrections.

3.5 Discussions

It is worrying, but not surprising that the biggest effect of imperfect crustal
corrections is on inferences of radial anisotropy. Indeed, Levshin & Rat-
nikova (1984) showed that lateral variations in Moho thickness trade-off
with radial anisotropy. This is easily understandable since the crustal cor-
rections on average affect Love waves more strongly than Rayleigh waves
and radial anisotropy is a measure of the difference. Since we can see the
anisotropic bias even if we only use longer periods, the only option seems to
invert simultaneously for mantle and crust. The experiments of Meier et al.
(2007) show that the data we used are mainly sensitive to Moho thickness
and to a much lesser extend to the crustal velocity structure. This sug-
gests that it is sufficient to invert for mantle structure and Moho thickness,
where care has to be taken to treat the strong non-linearity of the latter
adequately.

Kennett (1995) looked at the validity of the path integral approxima-
tion in waveform fitting and concluded that a crustal thickness change up to
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10 km can be accommodated using fundamental mode Love and Rayleigh
waves of periods longer than 67 s. Crust2.0, of course, has bigger variations
than those in Kennett (1995) and we therefore find that on average Love
waves above 80 s and Rayleigh waves above 60 s are well corrected using a
path integral approach. Kennett & Yoshizawa (2002) argue that the path
integral approach is less restrictive for dispersion (phase velocity) models
than for 3−D wave speed models. We found indeed that shear wave models
are about 1.3 times smaller using the observed time-shifts (eq. 3.2.6) cor-
rected from the crustal model at each frequency rather than the residual
time-shifts which result from a waveform correction.

Our finite-frequency kernels do not guarantee on average a broader
range of validity for waveform corrections. This is surprising, because we
should be in a regime where structural variations are close to the wavelength
of the surface waves. A possible explanation is that we used approximate
2−D kernels which neglect mode coupling and assume single forward scat-
tering only. Experiments with 3−D kernels (Zhou et al., 2005) showed that
they were also not effective to account for crustal structure using a 1−D
reference model. This is due to the strong non-linearity identified by Mon-
tagner & Jobert (1988). 3−D kernels should work fine when calculated in a
3−D reference model close to the actual model, but requires measurements
from 3−D models as well. Techniques for such calculations are starting to
become available (Tromp et al., 2005), but still constitute a considerable
computational challenge.

Exact ray theory gives slightly better results compared to those ob-
tained from the great circle approximation. In general, ray tracing is a
very challenging problem particularly for long ray paths in complex 3−D
crustal models. Multipathing is the most important issue in ERT (see Fer-
reira, 2005). One of the ways to avoid multipathing is to perform full ray
tracing, in which all possible ray paths are searched for, and then select
the minimum-phase path. Other possibilities are to follow the evolution
of the full wavefront (Vidale, 1988; Rawlinson & Sambridge, 2004). All
these techniques are very time consuming and rather inefficient for crustal
corrections on a global scale compared to the potential gain.

In our measurements, we only considered phase shifts due to propaga-
tion. Ferreira & Woodhouse (2006) pointed out that for Rayleigh waves the
phase at the source strongly depends on azimuth, source depth and period.
The source radiation pattern of Love waves does not show such a strong
dependence. They found that phase shifts due to the source can
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Figure 3.5.1: Rms-amplitude as a function of depth of the S-velocity models in-
verted from residual time-shifts of Rayleigh waves (red) and Love waves (green)
in this study and a similarly damped Rayleigh wave model (Trampert & Spetzler,
2006) (black line). The rms-amplitude of radial anisotropy from residual time-
shifts using all frequencies (blue line) and reduced frequencies (dashed blue line)
are also shown.

be up to 10.2 s for Rayleigh waves for some specific paths which must be
accounted for in the total phase shift of the seismograms. To investigate
the source effect on our time-shift measurements, we made a simple test for
the earthquakes used in this study. We computed synthetic seismograms
imposing the 3−D crust in a area around the source, leaving the rest of the
model untouched. We then measured the time-shifts with the PREM seis-
mograms. We observed that time-shifts due to different source excitations
are less than 2 s for both Rayleigh and Love waves which does not affect
our results.
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3.6 Conclusions

We tested the accuracy of crustal corrections on fundamental mode surface
waves using ray theory and 2−D finite-frequency theory. We compared
synthetic seismograms computed in PREM and PREM+Crust2.0. Time-
shift analysis shows that, on average, we can correct the phase of Rayleigh
and Love wave seismograms for the periods longer than 60 s and 80 s,
respectively. At longer periods, although the residual time-shifts are not
perfect, they are within the uncertainties of the measured phase velocities.
Nevertheless, the inversion of the residual time-shifts shows that they pro-
duce radial anisotropy comparable in strength to those of existing models
at least in the uppermost mantle. Furthermore, observed sign changes in
anisotropy could be artefacts of improper crustal corrections. This needs
thorough investigation in future work.

Rayleigh and Love waves are differently affected by continental and
oceanic crust. This is responsible for an apparent dependence of crustal cor-
rections on distance and clearly highlights the non-linearity of the crustal
influence. Therefore common extensions to GCA do not significantly im-
prove the corrections. Higher order effects are important when starting
from a 1−D reference model. First order crustal corrections on full seis-
mograms should only be done from a 3−D reference model close to the
crustal model. This implies being able to calculate kernels and make mea-
surements in 3−D models. Such techniques are becoming available now,
but still constitue a considerable computational challenge. Alternativley,
inverting full seismograms from 1-D reference model should include crustal
parameters using full non-linearity.
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Chapter 4

Assessment of tomographic
mantle models using spectral
element seismograms

Summary

We investigated the agreement between real seismograms and those pre-
dicted by long wavelength mantle models by looking at phase and ampli-
tude differences. We computed the synthetic seismograms using a spectral
element method with the 3-D mantle models and the appropriate crustal
model on top. To check the phase agreement, we measured the time-shifts
between the real and synthetic surface waves and body wave phases such
as P, S, and SS using a cross-correlation technique. We also compared
the amplitudes of real and synthetic seismograms in order to understand
how well the models explain not only the phases but the whole waveforms.
3-D mantle models clearly improve the phase mismatch between real and
synthetic seismograms. The remaining misfit, however, is so large that we
cannot distinguish between the different tomographic models. We believe
that this is mainly due to imperfect crustal corrections applied prior to
the construction of the models. Amplitude mismatches are large and inde-
pendent of 3-D mantle models. Our results suggest that, particularly for
surface waves, the scattering and source effects together can at most ex-

The content of this chapter is under revision as: Bozdağ, E. & Trampert, J., 2009.
Assessment of tomographic mantle models using spectral element seismograms, Geophys-

ical Journal International.
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plain half of the amplitude mismatches, pointing to a strong contribution
of attenuation. More detailed modelling shows that scattering effects are
more important for body waves.

4.1 Introduction

Mantle structure has extensively been studied by means of seismic tomog-
raphy using body wave, surface wave, and free oscillation data. At the
global scale, surface waves, both fundamental mode and overtones, provide
a good sampling of the upper half of the mantle, particularly beneath oceans
where the lack of stations can be problematic for body wave studies. With
an increasing number of high-quality data in recent years, the resolution
of tomographic images has considerably improved. Nevertheless in prac-
tice, the resolution of the models is still largely controlled by details of the
inverse algorithm. Without exception, all current models are based upon
some approximation to the wave equation. Due to its simplicity and ease
of implementation, ray theory has been used in most surface wave studies
either by averaging the phase shift along the great circle path (e.g., Ritsema
et al., 1999; Boschi & Ekström, 2002) or the exact ray path (e.g., Ferreira &
Woodhouse, 2006, 2007). However, ray theory is a high-frequency approxi-
mation and only valid when the scale length of the heterogeneities is larger
than the width of the first Fresnel zone (Wang & Dahlen, 1995), which is
often violated in current tomographic images (Spetzler et al., 2001). To
improve the validity of the forward theory for smaller scale structures, the
local phase velocity perturbations should be integrated over an influence
zone using either 2-D (e.g., Spetzler et al., 2002; Yoshizawa & Kennett,
2002; Ritzwoller et al., 2002) or 3-D (e.g., Zhou et al., 2004) finite-frequency
kernels. Currently there is no consensus whether this also improves the res-
olution of the tomographic models (e.g., Ritzwoller et al., 2002; Zhou et al.,
2004; Sieminski et al., 2004; Trampert & Spetzler, 2006).

We are currently able to simulate wave propagation in 3-D earth models
using numerical techniques without any approximation to the wave equa-
tion. Ideally, this new tool should be used for imaging. Although some
efforts are being made (e.g., Tape et al., 2007), the computational cost is
still prohibitive. A first step is to check how well current models are predict-
ing full seismograms and not just the small part which has been used in the
construction of the models. Until now, only a few qualitative comparisons
have been published (e.g., Komatitsch & Tromp, 2002b; Komatitsch et al.,
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2002, 2005; Tsuboi et al., 2003, 2004). Recently, Qin et al. (2009) have done
a quantitative comparison of 3-D mantle models based on a spectral ele-
ment method looking at long period minor and major arc surface waves (T
> 100 s). Our focus is rather to investigate the effect of regularization and
try to understand how much we can interpret the Earth’s interior based on
our current knowledge. The ambiguity in choosing the appropriate regu-
larization motivated us to select 3-D mantle models obtained with different
levels of damping. We will present a full quantitative assessment of different
models within the period range of 40-200 s. We compared real seismograms
to synthetic ones by examining the phase and amplitude differences of both
surface waves and body waves. The computation of synthetic seismograms
was performed with the spectral element code (SEM) by Komatitsch &
Tromp (2002a,b). We computed four sets of SEM seismograms using four
different mantle models varying from very smooth to very rough (Tram-
pert & Spetzler, 2006). We superimposed the 3-D mantle models on top
of transversely isotropic PREM (Dziewonski & Anderson, 1981) and used
Crust2.0 (Bassin et al., 2000) as a 3-D crustal model on top. In addition, we
computed synthetic seismograms using the independent 3-D mantle model
S20RTS (Ritsema et al., 1999) with Crust2.0 on top, PREM with Crust2.0
on top and PREM alone to separate effects of 1-D and 3-D crustal and
mantle models on seismograms.

In the following section, we briefly describe the tomographic models
used in this study. In Section 3, we illustrate how the phase and amplitude
measurements were carried out and in Section 4, we present our results
based on the measured time-shifts and the amplitude misfits. Finally, we
discuss our results before presenting some general conclusions.

4.2 Models entering the calculation of the syn-
thetic seismograms

We calculated SEM seismograms using four mantle models (Trampert &
Spetzler, 2006) obtained for different levels of horizontal damping (see
brown curve in Figure 1 in Trampert & Spetzler (2006)). The models
were constructed from about 1.5 million Rayleigh wave phase velocity mea-
surements of fundamental modes (Trampert & Woodhouse, 1995) and the
first five overtones (van Heijst & Woodhouse, 1999). 2-D finite-frequency
kernels (Spetzler et al., 2002) for phase velocity and asymptotic kernels for
depth were used. We selected models obtained with horizontal smoothing
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only. In Figure 4.2.1, sample cross-sections of the four mantle models are
presented. It is clearly seen that highly damped models provide smooth and
nice plots whereas smaller damping causes the amplitude of the models to
increase and introduces more small scale heterogeneities. Model m1 is built
from 780 independent parameters and would correspond to one selected by
a cautious seismologist who prefers smooth models. Model m2 has a trace
of the resolution of 1752 and would correspond to a model chosen by a
criterion of maximum curvature of the L-curve. Model m3 is built from
3108 independent parameters corresponds to a point where the reduced χ2

does not significantly change any more. Finally model m4 is constructed
from 4489 independent parameters and is so rough that everybody would
agree that instabilities are occurring. These models would obviously lead
to different geological interpretations. The properties of the models can
also be seen on the rms-amplitude plotted as a function of depth in Fig-
ure 4.2.2. From smooth to rough, the amplitude of the models gradually
increases. Below 1000 km depth, the sensitivities of the data to mantle
structure diminishes and this is where instabilities start to develop. This is
particularly evident for model m4. The synthetic seismograms computed
for these four mantle models from a sample source-receiver path is shown
in Figure 4.2.3 where the change both in phase and amplitude is observed
for body and surface waves. Crustal corrections were applied to the phase
velocity data prior to inversion by calculating the exact eigen frequencies
at each grid point of Crust5.1 (Mooney et al., 1998) and integrating the
crustal phase along the great circle path. In the computation of the full
SEM seismograms, we added the 3-D crustal model Crust2.0 (Bassin et al.,
2000) on top of the 3-D mantle models. Crust5.1 and Crust2.0 are very
similar except for differences in grid resolution and sediments. This differ-
ence will not affect our results since the period range we considered is not
sensitive enough to perceive the difference. We also computed synthetic
seismograms with an independent mantle model S20RTS (Ritsema et al.,
1999) which is parameterized in the same way of the mantle models of
Trampert & Spetzler (2006) and has the same crustal correction. S20RTS,
in addition, includes body wave and normal mode data and used a different
smoothing strategy (norm damping). In order to appreciate the prediction
power of 1-D and 3-D crustal models alone, we also computed some syn-
thetic seismograms using PREM alone and PREM with Crust2.0 (hereafter
called PREM+Crust2.0) on top. In all claculations, we included gravity,
attenuation, oceans, topography and bathymetry, ellipticity, and rotation
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Figure 4.2.1: Sample cross-sections of the selected mantle models of Trampert &
Spetzler (2006) along the equator. From m1 to m4, the damping decreases.

(except that in PREM alone, we did not use topography and bathymetry)
to obtain synthetic seismograms as realistic as possible. The length of the
synthetic seismograms is 60 minutes and the sampling rate is 0.26 s. Based
on the mesh we used, the shortest period in our synthetics is approximately
30 s.

4.3 Measuring misfits

4.3.1 Comparing real and SEM seismograms

We checked the agreement between the real and synthetic seismograms
by examining phase and amplitude differences. We compared 1374 pairs
of seismograms using 22 shallow (CMT depth ≤ 50 km) and two deep
(CMT depth > 50 km) earthquakes having moment magnitudes between 6
and 8 (Table 4.3.1) which were used to compute synthetic seismograms for
selected 3-D mantle models from Trampert & Spetzler (2006) with varying
levels of damping. For S20RTS, PREM+Crust2.0 and PREM models,
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Figure 4.2.2: Rms-amplitudes of the mantle models of Trampert & Spetzler (2006)
as a function of depth.
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Figure 4.2.3: SEM seismograms computed in the selected mantle models of Tram-
pert & Spetzler (2006) for the Rat Islands earthquake (2003 March 17, Mw = 7.0)
recorded at the station EIL (∆ = 93◦). Body waves and Rayleigh waves are in
A and B, respectively, to show the effect of damping on computed seismograms
enlarged.
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we only computed synthetic seismograms for a restricted number of earth-
quakes (see Table 4.3.1). To avoid interferences of the multiple-orbit waves,
caustic source and receiver effects, we only considered source-receiver pairs
with distances between 20◦ < ∆ < 160◦. For body waves, we used less
source-receiver pairs because P, S and SS phases cannot be observed on
all seismograms at all distances. We used broad-band vertical-component
seismograms (sampling rate = 0.05 s) as real data. Data having high noise
level or glitches were removed manually by comparing them to the syn-
thetic seismograms. The Global CMT solution parameters were used to
generate the SEM seismograms. To make the real and SEM seismograms
comparable, we followed five steps: 1) We deconvolved the instrument re-
sponse from the real seismograms. 2) We convolved the SEM seismograms
with a Gaussian source time function with the half duration for each earth-
quake taken from the Global CMT solution, 3) We downsampled the real
and the SEM seismograms, whose original sampling rates are 0.05 s and
0.26 s, respectively, to a common sampling rate of 1.3 s. 4) We applied a
band-pass filter to both real and SEM seismograms between 35 s and 300
s to analyse the data in the period range 40 s - 200 s. 5) After synchroniz-
ing the real and SEM seismograms, we applied a common time window to
make sure that the files contain the same number of points. In Figure 4.3.1,
sample synthetic seismograms from 1-D and 3-D models are compared to
the real ones in terms of waveform difference. As can clearly be seen, not
only surface waves but also body waves are in good agreement both in
phase and amplitude for the case of the 3-D mantle model m1 although it
is constructed by surface wave phase velocity measurements only. However,
the waveform comparisons between the real and synthetic seismograms re-
veal clear mismatches. The mismatch from m1 is, in general, smaller than
those from PREM and PREM+Crust2.0 however there is still a large un-
explained data in full seismograms. To quantify the agreement between the
real and SEM synthetics, we examined the phase and amplitude differences
for fundamental mode Rayleigh waves and the body wave phases P, S, and
SS.

4.3.2 Measuring time-shifts

We examined the phase difference of surface and body waves in different
ways. For surface waves, we first applied a time-variable filter (Cara, 1973)
to both the real and SEM seismograms to extract the fundamental mode
Rayleigh waves. We then took the Fourier transform of the surface waves
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Table 4.3.1: List of earthquakes selected from the global CMT catalogue
(www.globalcmt.org). Corresponding broad-band vertical component seismograms
were obtained through IRIS (www.iris.edu) and synthetic seismograms were com-
puted using the spectral element code by Komatitsch & Tromp (2002a,b). Syn-
thetic seismograms for PREM, PREM+Crust2.0 and S20RTS models were only
computed for earthquakes marked by a star.
Event name Region Date Moment Depth

magnitude (km)
(Mw)

111600B New Ireland Region 16/11/2000 8.0 24
120600C Turkmen SSR 06/12/2000 7.0 33
010901G Vanuatu Islands 09/01/2001 7.0 114
011101A Vancouver Island Region 11/01/2001 6.0 24
021801B Prince Edward Islands Region 18/02/2001 6.0 15
022401A* Molucca Passage 24/02/2001 7.0 43
101201E South of Mariane Islands 12/10/2001 7.0 42
110901A Panama - Costa Rica Border 09/11/2001 6.0 17
091602E Papua New Guinea 16/09/2002 6.0 15
012703A Turkey 27/01/2003 6.0 15
031703E* Rat Islands, Aleutian Islands 17/03/2003 7.0 27
042403B Kuril Islands 24/04/2003 6.0 44
062003D Western Brazil 20/06/2003 7.0 556
103103A Off East Coast of Honshu 31/10/2003 7.0 15
020504B* Irian Jaya Region, Indonesia 05/02/2004 7.0 13
030804D Northern Mid-Atlantic Ridge 08/03/2004 6.0 12
032704G Xizang 27/03/2004 6.0 12
042704D Vanuatu Islands 27/04/2004 6.0 17
100904E* Near Coast of Nicaragua 09/10/2004 6.9 39
110904F Solomon Islands 09/11/2004 6.9 12
112804I* Hokkaido, Japan Region 28/11/2004 7.0 47
200602222219A* Mozambique 22/02/2006 7.0 12
200608200341A Scotia Sea 20/08/2006 7.0 17
200612261226A Taiwan Region 26/12/2006 6.9 20
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Figure 4.3.1: Waveform differences between real and SEM seismograms computed
in the mantle model m1 of Trampert & Spetzler (2006) with Crust2.0 (Bassin
et al., 2000) on top (blue), PREM (Dziewonski & Anderson, 1981) with Crust2.0
on top (green), and PREM alone (cyan). On top of the waveform differences, real
(black) and SEM seismograms computed in m1 (red) are plotted together. The
earthquake (Irian Jaya Region, 2004 February 5, Mw = 7.0) and the ray paths to
the stations A) TAM (∆ = 128◦), B) PET (∆ = 60◦), and C) CAN (∆ = 34◦) are
shown in the map where the distribution of earthquakes (red stars) and stations
(yellow triangles) used in this study are marked as well.
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which can be presented in terms of an amplitude (A) and a phase (φ)

Sreal(ω) = Areal(ω)exp[φreal(ω)] (4.3.1)

and

SSEM (ω) = ASEM (ω)exp[φSEM (ω)] (4.3.2)

where subscripts real and SEM represent the real and synthetic seismo-
grams, respectively and ω is the angular frequency. To determine the
phase shift between these two seismograms, we cross-correlated Sreal(ω)
with SSEM (ω) and measured the phase of the cross-correlogram as a func-
tion of frequency. After unwrapping the phase, the time-shifts between
real and SEM seismograms are obtained by dividing the phase of the cross-
correlogram by the angular frequency

δtRayleigh(ω) =
φreal(ω) − φSEM (ω)

ω
. (4.3.3)

Because body waves are not as dispersive as surface waves, we measured
the time-shift between real and SEM body phases in time domain. We
first applied time windows to extract the P, S, and SS phases. The time
window was defined sufficiently large around the theoretical arrival times
from IASPEI91 (Kennett & Engdahl, 1991) to capture the complete pulse.
We Fourier transformed both and applied a Gaussian filter with a central
period 60 s. The band-with of the Gaussian filter is 100% of the central
frequency, which means that we consider the full waveform rather than
a signal at a specific frequency. We then took the cross-correlation in
the frequency domain and after taking the inverse Fourier transform, we
measured the time-shift by picking the maximum of the cross-correlogram.
We repeated the same procedure for each body wave phase P, S, and SS.

4.3.3 Measuring amplitude differences

The examination of the amplitude differences between the real and syn-
thetic data help to understand how much the 3-D mantle models contribute
to amplitudes. We extracted Rayleigh waves and P, S and SS as described
for the phase shift measurements. After taking the Fourier transform, we
calculated the amplitude spectra of the real and SEM seismograms without
applying a Gaussian filter. It is more convenient to make the comparisons
in frequency domain since, in a time series, it is difficult to measure the
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amplitude independently from the phase which may distort the amplitude
measurements. For the amplitude comparisons, we used the expression

χ(ω) = ln

[
Areal(ω)

ASEM (ω)

]
(4.3.4)

which shows the logarithmic ratio between the real and SEM amplitudes
as a function of frequency. For body waves, we only show ratios at 40 and
60 s.

4.4 Results

4.4.1 Time-shift analysis

For Rayleigh waves, the measured time-shifts corresponding to the four
selected models m1 − m4 are shown as histograms in Figure 4.4.1. We
observe that the phase of the SEM seismograms, in general, match the
real ones quite well at long periods. At 200 s, most of the time-shifts are
within ±10 s. The discrepancy between the real and SEM seismograms
increases with decreasing period and the histograms broaden at short pe-
riods to around ± 25 s. Most interestingly, the histograms hardly allow
to differentiate between the models. To further appreciate the effect of
the 3-D mantle on synthetic seismograms, we made synthetics in PREM
alone, in PREM+Crust2.0 and in S20RTS (obtained from an extended data
set and a different regularisation strategy) and compared them to the real
seismograms in a similar way (Figure 4.4.2). The time-shifts between the
real and PREM seismograms can be up to 100 s at short period Rayleigh
waves. Including the 3-D crustal model, on average, slightly reduces the
time-shifts however it is very clear that a 3-D mantle model is needed to
explain the phase of Rayleigh waves. The histograms also suggest that,
on average, there is not much difference between using PREM alone or
PREM+Crust2.0. This is of course not the case. The crust has a large
effect on Rayleigh waves as demonstrated in Bozdağ & Trampert (2008)
depending on distance and the portion of oceanic versus continental path.
The histograms document that statistically one is not better off to explain
the real data with just a crustal model. The results from S20RTS are, in
general, in agreement with the results from the mantle models of Trampert
& Spetzler (2006), particularly at long periods. Slight differences emerge
for periods shorter than 100 s.
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Figure 4.4.1: The histograms of Rayleigh wave time-shifts as a function of period
measured between real and SEM seismograms computed in 3-D mantle models.
From model m1 to m4, the damping decreases.
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To quantify the difference between the model predictions, we computed
the probability that the measured time-shifts between the real and SEM
seismograms are smaller than those for the smoothest model m1. The
numbers demonstrate that it is hard to distinguish which mantle model
explains the real data best (Figure 4.4.3). Amongst the models of Trampert
& Spetzler (2006) a slightly better fit to the real data is provided by the
mantle model m2. S20RTS shows a slight improvement, particularly at 40
seconds, but does worse at the longest periods. We will address this in
the discussion section. While the predictions of all 3-D mantle models are
very close to each other, synthetics for PREM and PREM+Crust2.0 are
much worse, only having a 25% chance of making a better Rayleigh wave
prediction than any of the mantle models. It is important to stress that
although the model predictions are statistically similar when compared to
real data, the model predictions themselves are different. This is most
easily seen by making histograms of time-shifts between synthetics from
different models. Some examples are shown in Figure 4.4.4. For the mantle
models, these differences are fairly uniform as a function of period and
reach 10 s. This is only a small fraction of the period for 200 s Rayleigh
waves but represents a quarter of a cycle at 40 s. We clearly see that the
mantle models provide a large contribution compared to PREM+Crust2.0
and that the crustal signal is large compared to PREM alone.

Body waves carry information from deeper parts whereas fundamental
mode surface waves are mainly influenced by the first a few hundred km
of the mantle. The measured time-shifts between the real and synthetic
P, S, and SS-phases are shown as histograms in Figure 4.4.5. P-waves are,
in general, less affected by lateral heterogeneities than S-waves because the
corresponding velocity anomalies are much smaller. The P-wave histograms
are narrow and vary between ± 5 s while those for SS-waves reach more than
± 10 s. In addition, we see a slight shift in the histograms towards positive
times similar to surface wave results. S20RTS results are in agreement
with those from m1 with a slight improvement. Similar to Rayleigh wave
observations, 3-D mantle has the most effect compared to 3-D crust alone.
For P-waves there is an 80% chance that the results from m1 and m2 are
equal. Even for PREM alone there is a 40% chance that the predictions
are equal to m1. For S-waves, m4 is clearly the worst and S20RTS is the
best, which is reassuring because the latter included S-wave travel-time
measurements. For SS-waves, a 3-D mantle model clearly helps to improve
the misfits and m4 gives the worst match to the real seismograms. Results
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Figure 4.4.3: The probability that the Rayleigh wave time-shifts as a function of
period between real and SEM seismograms for any model are smaller than those
between real and SEM seismograms for the smoothest mantle model m1.

for m1, m2 and S20RTS are very similar. The full probabilities may be
found in Table 4.4.1. As for surface waves, it is hard to distinguish which
mantle model predicts real seismograms best, while the models clearly make
different predictions (Figure 4.4.6). The difference between m4 and m1 is
bigger than that between S20RTS and m1, showing that S20RTS is much
similar to smooth models. For P-waves, the 3-D mantle has the biggest
effect whereas for S-waves, the 3-D crust has a comparable effect to those
from mantle models. The crustal effect is observed even more for SS-phases.
It is interesting to note that crustal corrections are quite important and
that their values are different from ray theoretical estimations (J. Ritsema,
personal communication). This suggests that crustal corrections for body
waves need to be evaluated for the correct frequency content.

4.4.2 Amplitude analysis

We also looked at amplitude ratios between the real and SEM seismograms
for various models. As for the phase measurements, we considered Rayleigh
waves, P, S, and SS-phases. In all synthetics, the attenuation model is that
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Table 4.4.1: The probabilities that the body wave time-shifts at 60 s between real
and SEM seismograms for any model are smaller/larger than, or equal to those
between real and SEM seismograms for the smoothest mantle model m1.

P-wave

p[δt(m)<δt(m1)] p[δt(m)=δt(m1)] p[δt(m)>δt(m1)]

m = m2 9% 80% 11%
m = m3 15% 66% 19%
m = m4 20% 43% 37%
m =S20RTS 22% 57% 21%
m =PREM+Crust2.0 27% 40% 33%
m =PREM 15% 46% 39%

S-wave

p[δt(m)<δt(m1)] p[δt(m)=δt(m1)] p[δt(m)>δt(m1)]

m = m2 23% 45% 32%
m = m3 28% 26% 46%
m = m4 28% 19% 53%
m =S20RTS 40% 33% 27%
m =PREM+Crust2.0 38% 18% 44%
m =PREM 46% 12% 42%

SS-wave

p[δt(m)<δt(m1)] p[δt(m)=δt(m1)] p[δt(m)>δt(m1)]

m = m2 30% 39% 31%
m = m3 36% 23% 41%
m = m4 34% 18% 48%
m =S20RTS 38% 33% 29%
m =PREM+Crust2.0 45% 1% 54%
m =PREM 31% 1% 68%
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of PREM. For Rayleigh waves, all mantle models from Trampert & Spet-
zler (2006) give similar amplitude misfits (Figure 4.4.7). For long periods,
the agreement with the real seismograms is much better (mostly within a
factor of 1.5) and as the period decreases the misfits can be up to a factor
of 7 at 40 s. In general, the histograms are skewed towards negative val-
ues indicating that the amplitudes of Rayleigh waves are overestimated in
the SEM seismograms. S20RTS also gives similar results whereas we start
observing some slight differences for PREM and PREM+Crust2.0 at short
periods (Figure 4.4.8). A detailed statistical analysis does not show much
improvement of amplitude misfits for 3-D models compared to PREM. On
average, all models, 1-D or 3-D, give the same probabilities of fit. To un-
derstand the amplitude predictions in more detail, we compared the models
directly by taking the ratios of the respective amplitude anomalies (Figure
4.4.9). We compared the 3-D mantle models with respect to m1. The dif-
ference naturally increases with decreasing damping thus we only present
results for m4/m1 where we observed the most discrepancy in amplitudes.
For predicting amplitudes, S20RTS is more similar to smooth models, as
for phase. We also compared PREM+Crust2.0 with respect to m1 and
PREM to isolate the scattering contributions due to the 3-D mantle and
3-D crust only. The comparison of PREM with m1 shows the total scat-
tering contributions due to the 3-D crust and mantle. Although there are
some differences between the 3-D mantle models, it is noteworthy that the
3-D model hardly matters for amplitudes, indicating that scattering effects
in the mantle are minor for these periods. The scattering due to 3-D crust
and mantle together is bigger but remains small compared to the observed
amplitude anomalies between real and the synthetic seismograms.

For body waves, we compared the amplitude spectra of P, S and SS-
waves at 40 and at 60 s. On average, mantle models from different dampings
differ more for S and SS-waves compared to P-waves (Figure 4.5.1). There
is again a slight over-estimation of the synthetic amplitudes, but much
less than for surface waves. The results from S20RTS are, in general, in
agreement with m1 and the results from PREM and PREM+Crust2.0 only
do slightly worse (Figure 4.5.2). As the period decreases, the histograms
start broadening showing that the scattering effects increase as one would
expect. Comparing of the amplitude misfits from different models, we find
that the width of the histograms due to a 3-D mantle and/or 3-D crust is
comparable to that of the amplitude ratio between m4 and m1. Scattering
due to 3-D crust and mantle together can be up to a factor of 1.6 for P
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Figure 4.4.7: The histograms of Rayleigh wave amplitude ratios as a function of
period between real and SEM seismograms computed in 3-D mantle models. From
model m1 to m4, the damping decreases.
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restricted ray paths correspond to the marked earthquakes only in Table 4.3.1.
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Figure 4.4.9: The histograms of amplitude ratios for Rayleigh waves as a function
of period between synthetic seismograms corresponding to various 1-D and 3-D
models.
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waves and more than a factor of 2.7 for SS-waves (Figure 4.5.3).

4.5 Discussions

It is encouraging to see that 3-D mantle models bring synthetic seismo-
grams closer to observed data in phase. It is surprising, however, that
quite diverse mantle models cannot be distinguished on average, although
their individual predictions are all different. For amplitudes, all models
considered make hardly any difference to amplitudes. The question is then
what can be done to improve models so that they predict better phases
and amplitudes. Let us first discuss the individual contributors to the
phase before turning to the amplitude.

At least for surface waves, a strong contribution to the overall phase is
from the crust. The 3-D crust, compared to PREM, advances the phase
of Rayleigh waves in oceans and slows it down in continents producing
positive and negative phase shifts, respectively, with respect to real seis-
mograms. Thus, there is, on average, not much difference between the re-
sults from PREM and PREM+Crust2.0 for seismograms which randomly
sample oceans and continents. Classical surface wave tomography applies
crustal corrections to dispersion measurements before inverting for mantle
structure. Bozdağ & Trampert (2008) showed that these corrections are
not perfect and these significant errors can map into 3-D mantle struc-
ture. While it is clear that the 3-D mantle models improve the phase a
lot compared to PREM+Crust2.0 (Figure 4.4.2), the histograms of unex-
plained time residuals are very similar to those incurred by imperfect ray
theoretical crustal corrections (Bozdağ & Trampert, 2008), both as a func-
tion of period and epicentral distance. These imperfect crustal corrections
have a bigger effect on the phase than different mantle models (compare
Figure 4.4.2 and 4.4.4), and compared to real seismograms cannot identify
potentially better mantle models. The crustal contribution to body waves
is less than to Rayleigh waves but the discrepancy between the real and
SEM seismograms is also smaller for body waves. Although we have not
done a detailed study of classical body wave crustal corrections, they seem
to be different when the full frequency content of the body wave is consid-
ered. This assumes that Crust2.0 represents the real Earth which might
not be the case of course. Another issue is how the crust is implemented
in the SEM code. Capdeville & Marigo (2008) reported that in spectral
element methods, different smoothing strategies applied to crustal models
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Figure 4.5.1: The histograms of body wave amplitude ratios at 60 and 40 s between
real and SEM seismograms computed in 3-D mantle models. From model m1 to
m4, the damping decreases.

may change the response. Because in the SEM code a smoothed version of
Crust2.0 is used, errors could be introduced in our time-shift measurements.
All in all, it is very likely that the crust is responsible for not being able
to distinguish the models, whether it is the crustal correction, the crustal
model itself or its implementation in the code. If this is indeed the case,
progress to better mantle models can only be made if the crust and mantle
are jointly imaged without a correction step.

While the source and receiver phase shifts are correctly modelled in SEM
given the source parameters and the crustal model, the phase measurements
which are used to construct the models usually neglect them (e.g., Trampert
& Woodhouse, 1995; Ekström et al., 1997; van Heijst & Woodhouse, 1999;
Visser et al., 2008). A recent study by Ferreira & Woodhouse (2007) has
shown that the receiver phase-shift is negligible for both Rayleigh and Love
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Figure 4.5.2: Same as Figure 4.5.1 but for different 1-D and 3-D models. The
restricted ray paths correspond to the marked earthquakes only in Table 4.3.1.
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40 s between synthetic seismograms corresponding to 1-D and 3-D models. The
restricted ray paths correspond to the marked earthquakes only in Table 4.3.1.
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waves. The source phase shift due to lateral heterogeneities around source
can be up to 10 s for Rayleigh waves for some specific ray paths as shown by
Ferreira & Woodhouse (2006) however, on average, it is small compared to
our observed discrepancies. The important question is if we used the right
source parameters in SEM. The results of Ferreira & Woodhouse (2007)
show that source parameters obtained for more detailed source inversions
are compatible with CMT parameters, and therefore do not change the
data misfit dramatically. Although we cannot exclude source effects to
be responsible for part of our observed mismatches, we think that crustal
effects are more likely.

The amplitudes of the SEM seismograms are clearly larger than those
of the real ones. The amplitude of the seismograms depends on elastic
and anelastic terms together with source and receiver factors (e.g., Dalton
& Ekström, 2006). The elastic term, or focussing/defocussing of seismic
waves, is due to lateral heterogeneities in velocity models (e.g., Woodhouse
& Wong, 1986; Wang & Dahlen, 1995). 3-D attenuation of the Earth’s
mantle has been investigated using either surface waves (e.g., Romanow-
icz, 1995; Selby & Woodhouse, 2000; Gung & Romanowicz, 2004; Dalton
& Ekström, 2006; Dalton et al., 2008) or body waves (e.g., Bhattacharyya
et al., 1996; Reid et al., 2001; Warren & Shearer, 2002) quantifying the
anelastic contribution to amplitudes. Smooth models improve the misfit
slightly more than the rough ones but not enough. This could be an in-
dication of a problem in the gradient of the heterogeneities in the models.
For Rayleigh waves, we find amplitude anomalies are mostly within a factor
of 1.3 due to focussing/defocussing of the 3-D crust and/or mantle (Figure
4.4.9). However, the amplitude factors between the real and all SEM seis-
mograms are much larger (Figures 4.4.7 and 4.4.8) and thus the remaining
difference should be due to attenuation, source, and receiver effects. Fer-
reira & Woodhouse (2007) showed that source and elastic contributions are
equally important for surface wave amplitudes, but that receiver effects can
be neglected for vertical component seismograms. They also showed that
inverting for source parameters does not dramatically change the CMT
source parameters. Dalton & Ekström (2006) found that source factors are
mostly within 0.8 to 1.2 for 75 s Rayleigh waves and are getting smaller
at longer periods. According to these observations, the source and elastic
contributions could roughly amount to a factor of 1.7 together, still only
half of what we observe in Figures 4.4.7 and 4.4.8. This could point to a
large contribution from attenuation to the amplitudes, almost as much as
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the total contribution from elastic and source effects. Zhou (2009) com-
puted 3-D sensitivity kernels of phase delays and amplitudes for perturba-
tions in anelasticity for fundamental mode surface waves and reported that
scattering effects due to 3-D velocity models are larger than those from
3-D anelastic models. If this is the case, then much of the amplitude mis-
fit should be due to the uncertainty in source parameters and unexplained
elastic structures in the velocity models. However, although the amplitudes
might be less sensitive to the 3-D variations in anelastic structure, 1-D at-
tenuation model can still be an important factor. As shown in Resovsky
et al. (2005), anealsticity in the crust and uppermantle is poorly constrained
in 1-D shear Q models and depending on the data set, Q values can vary
between 250 to more than 1000. The uncertainty in the 1-D Q models may
have a critical importance on amplitudes since 3-D models are constructed
as a perturbation from them. All in all, we have to consider both source
and anelastic parameters to explain the amplitudes in inversions. It is also
interesting to see that, on average, 3-D models do not improve the ampli-
tudes at all compared to PREM. Such an observation was already reported
by Ferreira & Woodhouse (2007), where they compared some real seismo-
grams with synthetics computed by great circle approximation and full ray
theory and by Qin et al. (2009) based on a spectral element method.

The different models change body wave amplitudes far more. Especially
S and SS-phases are very much affected by focussing/defocussing. Ampli-
tude anomalies from 3-D mantle and/or 3-D crust are almost as large as the
observed amplitude anomalies between the real and SEM seismograms and
increase with decreasing period. This is in agreement with Tibuleac et al.
(2003) who concluded that P-wave amplitudes were dominated by elastic
effects at higher periods. While focussing/defocussing is more important
to explain the amplitudes of body waves, in the period range of this study,
attenuation and/or source effects still play a big role as demonstrated by
the similarity of all anomaly histograms in Figures 4.5.2 and 4.5.3.

The selected mantle models of Trampert & Spetzler (2006) were sur-
prisingly indistinguishable when the corresponding synthetic seismograms
are compared to real ones. S20RTS shows small but noticeable differences
in the predictions. We used S20RTS with its P-wave model to compute
the synthetic seismograms. Scaling P-wave as in the models of Trampert &
Spetzler (2006) brings the results closer to each other. The selected mod-
els of Trampert & Spetzler (2006) all use the same regularization strategy
(horizontal damping) with a varying damping factor. S20RTS uses norm
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damping. If you compare S20RTS with any of the others, the correlation
is above 0.9 in the uppermost mantle, except at the shallowest depth, just
below the crust where the correlation is only 0.4. Changing the regular-
ization in the models of Trampert & Spetzler (2006) from horizontal to
vertical smoothing or norm damping, brings the correlation in this layer
also to 0.9. This suggests that the model just below the crust is to a great
extend undetermined by data. A bad crustal correction will mostly effect
the models just below the crust and in the absence of data constraint effect
the model more or less depending on the choices of regularization.

4.6 Conclusions

We made quantitative comparisons between real seismograms and those
predicted by various 3-D mantle models using the SEM code. We found
that the models clearly improved the phase mismatch for surface as well
as body waves, but surprisingly we could hardly distinguish between the
mantle models. Amplitude discrepancies were little affected by any of the
models and even PREM alone made just as good predictions.

Although there is a slight tendency that smooth models are just a little
better, our findings are a good reminder that current tomographic images
contain (or lack) a lot of structure because of a certain choice of regular-
ization. While the latter has a dramatic effect on the interpretation little
of the details are currently constraint by the seismograms.

Based on our previous work, we suggest that the imperfect crustal cor-
rections are the most likely reason why we cannot distinguish the models
in terms of phase mismatches. We observed a large amplitude misfit which
can not fully be explained by scattering effects. For surface waves, the
scattering effects are relatively independent of period down to 40 s at least
and attenuation has a comparable effect to those from elastic and source
effects together. For body waves, the focussing effect is much larger and
increases with decreasing period. The 1-D attenuation model we used in
this study might bias the amplitude mismatches particularly at short pe-
riods sensitive to the upper-mantle where a high attenuation is observed.
This subject needs further investigation.

Much signal remains unexplained in phase and amplitude. Progress
in explaining the phase can only be made if we treat crust and mantle
simultaneously. Attenuation is notoriously difficult as demonstrated by
the lack of agreement between various studies, but essential to explain
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the amplitudes. Full waveform inversion is probably the most elegant way
forward, but needs to address the full elastic, anelastic and source problem.
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Chapter 5

Assessing new and existing
misfit functions for full
waveform inversion

Summary

The resolution of tomographic images is naturally dependent on the data
coverage which controls the sensitivity kernels. It is well known that dif-
ferent parts of seismograms are sensitive to different parts of the Earth
structure. In classical tomography, in general, either travel-time/phase in-
formation of isolated phases or only a small portion of the seismic data are
used. We propose new misfit functions based on instantaneous phase and
cross-correlation measurements to extract as much information as possible
from a single seismogram which, in the ideal case, is the full seismogram.
Both misfit functions are advantageous in different situations. The instan-
taneous phase misfit is based on the instantaneous phase difference of the
observed and synthetic data and allows to separate the phase and ampli-
tude information completely. Different observables in a seismogram can
be equally weighted which allows the use of a complete wavetrain. Cross-
correlation misfit is based on the difference between the cross-correlation of
observed data with the predicted ones and the auto-correlation of the data.
We made a qualitative comparison of the new misfit functions with existing
ones based on waveform and travel-time measurements in order to have a
better insight on the advantages/disadvantages of the chosen misfit func-
tions by computing finite-frequency adjoint kernels based upon a spectral

97
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element method.

Due to an inherent amplitude dependence, the CC measurements fa-
vor the higher amplitude parts of wavetrains. The amplitude dependence,
however, provides a robust way of suppressing the noise in the signals. In-
stantaneous phase measurements give the same emphasis to every phase in
a seismogram. This allows the use of full seismograms as demonstrated by
synthetic experiments. Possible challenges in instantaneous phase measure-
ments are the noise in the signals and the phase jumps. These problems
can easily be detected by examining the envelope and the instantaneous
phase difference. Possible solutions are to cut the problematic parts of the
seismograms, to use high quality data only or to start inversions with long
period seismograms which are less affected by these problems.

Our comparisons showed that cross-correlation measurements are sim-
ilar to travel-time measurements in case of a single phase but due to their
amplitude dependent nature they have properties similar to waveform misfit
functions. Instantaneous phase measurements are complementary to classi-
cal misfit functions and successful in equally weighting the different phases
in a seismogram. The instanteneous phase measurements are promising
and show a way to exploit as much information as possible from a single
seismogram.

5.1 Introduction

The ultimate aim of seismic tomography is to take advantage of the ad-
vances in the theory of seismic wave propagation, numerical techniques,
and the increase in computational facilities, in order to use full waveforms
in the inversion. So far, there have been some full waveform inversions in
regional studies (e.g., Pratt, 1999; Chen et al., 2007b) however it remains
a challenge for global tomography. Capdeville et al. (2005) proposed a
full waveform inversion on a global scale in a synthetic experiment based
on a source-stacking technique with a spectral element method as a for-
ward theory. They focused on long period data to reduce the effect of
non-linearity and pointed out the problems of full waveform inversion such
as data coverage and in case of using full seismograms the dominance of
surface waves in the residuals. Insufficient data coverage resulting from
the uneven distribution of earthquakes and stations on the globe is one of
the major restrictions at the global scale. A way to remedy this problem
would be to use as much information as possible from a single seismogram
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by defining appropriate misfit functions.
In seismic tomography, in general, the data are secondary observables

such as travel-times, phase information or the waveforms of a small portion
of the full seismograms. An important factor controlling the usable data is
the forward theory. Ray based tomography is limited to use well-isolated
primary body-wave phases (e.g., Zhou, 1996; Boschi & Dziewonski, 2000)
or surface waves where the fundamental and higher modes are well sepa-
rated from each other (e.g., Trampert & Woodhouse, 1995; Ekström et al.,
1997). Its advantage is the ease of implementation and reasonable compu-
tational requirements. It is also common to integrate different data sets to
increase the resolution (e.g., Su et al., 1994; Masters et al., 1996; Ritsema
et al., 1999; Mégnin & Romanowicz, 2000; Gu et al., 2001). Using higher
order approximations, Li & Romanowicz (1996); Mégnin & Romanowicz
(2000); Gung & Romanowicz (2004) constructed global models based on
waveforms obtained by isolating all identifiable observables in the seismo-
grams. Consideration of finite-frequency effects of wave propagation in
seismic tomography is one way to improve the resolution of tomographic
images (e.g., Montelli et al., 2004). However, as reported by Boschi et al.
(2007), the application of the finite-frequency theory based on 1-D reference
models still requires the use of well-isolated phases and hence insufficient
data coverage hampers the advantage of the finite-frequency theory.

The progress in numerical techniques and computational facilities made
it possible to solve the wave equation numerically in 3-D Earth models (e.g.,
Komatitsch & Vilotte, 1998; Komatitsch & Tromp, 1999; Capdeville et al.,
2003). This has two major consequences for seismic tomography: 1) in the
forward problem, the full non-linearity of wave propagation can be taken
into account, 2) the finite-frequency kernels can be computed numerically
in 3-D background models. This has provided an invaluable opportunity
to increase the usable data in seismic tomography. The challenge is that
the computation of Fréchet derivatives can be computationally expensive.
Using 3-D numerical simulations, Zhao et al. (2005) proposed to compute
the Green’s functions in 3-D models and store them as a function of space
and time which requires high memory facilities. Tromp et al. (2005) ad-
dressed this problem by combining 3-D numerical simulations with adjoint
techniques (e.g., Tarantola, 1984, 1988; Fink, 1997; Talagrand & Courtier,
1987; Crase et al., 1990; Pratt, 1999; Akçelik et al., 2003). The idea is that
for a chosen set of observables and a defined misfit function, the Fréchet
derivatives, that define the sensitivity of the data with respect to the model
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parameters, can be computed by only two numerical simulations, one for the
forward and one for the adjoint wavefield. An alternative way of introducing
3-D numerical simulations into tomography is using the scattering integral
method as applied by Chen et al. (2007b) to some local problems.

The Fréchet kernels strongly depend on the chosen misfit function. In
seismic tomography, the misfit function is often based on cross-correlation
travel-time measurements (e.g., Luo & Schuster, 1991; Zhao et al., 2000;
Marquering et al., 1999; Dahlen et al., 2000), relative amplitude variations
(e.g., Dahlen & Baig, 2002; Ritsema et al., 2002) or waveform differences
(e.g., Tarantola, 1984, 1988; Nolet, 1987). Luo & Schuster (1991) combined
travel-time measurements with full wave simulations by defining the mis-
fit function based on the cross-correlation between observed and synthetic
phases. Liu & Tromp (2006) presented finite-frequency adjoint sensitivities
based on travel-time measurements computed in 3-D background models
for some regional phases. Adjoint kernels for different global observables
computed in a 1-D background model were illustrated in Liu & Tromp
(2008). This approach provides a robust estimation of the phase or time
difference between two isolated phases. The drawback is that phases have
to be picked from seismograms. Some automated phase picking algorithms
have recently been released (e.g., Maggi et al., 2009) particularly tailored to
adjoint tomography. Tape et al. (2007) showed a way to implement adjoint
techniques in seismic tomography based on these cross-correlation travel-
time measurements using a conjugate gradient method at a regional scale.
This technique was extended to generalized seismological data functionals
(GSDF) (Gee & Jorden, 1992) in which the misfit function is represented
by the frequency dependent phase-delay and amplitude differences between
the observed and synthetic data (e.g., Chen et al., 2007b). This allows to
characterize the change in waveforms. However the separation of phases
might not always be very practical. Although a full seismogram can be
considered rather than a phase, time domain waveform misfit functions
(e.g., Tarantola, 1984; Nolet, 1987) defined by the difference between the
observed and synthetic data can behave in a highly non-linear way with
respect to the velocity model (e.g., Gauthier et al., 1986; Luo & Schus-
ter, 1991). Furthermore, such misfit functions emphasize high amplitude
phases. Fichtner et al. (2008) proposed a full waveform inversion scheme
based on time-frequency analysis which separates the phase and amplitude
information. It provides an elegant way to deal with non-linearities under
the regime of the Born approximation. This technique can suffer from
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cycle slips which is treated by isolating the non-problematic parts with a
designed Gaussian filter.

Using 3-D numerical simulations, adjoint techniques offer the possibil-
ity to compute the sensitivity of an arbitrary part of the signal in 3-D
structures. In this study, we propose new misfit functions based on the in-
stantaneous phase and the complete cross-correlation measurements with
the aim to extract as much information as possible from a single seismogram
which, in ideal case, is not cut into pieces. We computed data sensitivities
for several synthetic experiments using adjoint techniques based upon the
spectral element method of Komatitsch & Tromp (2002a,b) which allows
us to analyze the properties of the different misfit functions.

The instantaneous phase misfit is based on the difference between the
instantaneous phases of the observed and synthetic data. Instantaneous
phase measurements are widely used in exploration seismics (e.g., Taner
et al., 1979; Perz et al., 2004; Barnes, 2007) to increase the resolution in the
obtained images. This approach allows to separate phase and amplitude in-
formation similar to the work of Fichtner et al. (2008) in the time-frequency
domain. The instantaneous phase however is a pure time-domain approach
which requires less data processing. The complete cross-correlation mis-
fit (to avoid confusion, from now on, we refer this new misfit function as
cross-correlation misfit and classical cross-correlation travel-time misfit as
travel-time misfit) is based on the difference between the cross-correlations
of observed and synthetic data, and the auto-correlation of the observed
data. It can be considered as an extension of cross-correlation travel-time
measurements to a wavetrain rather than a single phase. In order to have a
better insight into the advantages/disadvantages of the chosen misfit func-
tions, we compared the corresponding kernels with those from waveform
and travel-time differences that are widely used in seismic tomography.

In the following, we derive the adjoint sources for instantaneous phase
and cross-correlation misfits. In Section 5.3, we present the sensitivity
kernels computed by adjoint techniques for some synthetic experiments.
Finally, we discuss our findings in the context of global mantle tomography
and give general conclusions in Sections 5.4 and 5.5, respectively. Although
our focus is on global problems, the results are applicable to other scales
of seismic tomography.
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5.2 Misfit functions and associated adjoint sources

In this part, we present the derivations of the adjoint sources for the
newly introduced misfit functions based on instantaneous phase and cross-
correlation differences. In addition, we give brief information on the adjoint
sources of commonly used misfit functions, waveform and travel-time mea-
surements. In the following sections, we are going to compare the different
misfit functions by computing their adjoint sensitivity kernels using the
spectral element method by Komatitsch & Tromp (2002a,b).

5.2.1 Misfit kernels

In seismic tomography, we try to extract optimum information on the model
parameters describing the Earth’s interior from a set of observed seismo-
grams. The model parameters are updated by minimizing a defined misfit
between observed and synthetic data. In adjoint tomography, the gradient
of a misfit function can be computed through the interaction of the for-
ward wavefield with the adjoint wavefield which is generated by the back-
propagation of data residuals. The inverse problem is solved iteratively
based on a gradient method such as conjugate gradient or steepest descent.

Let us define a misfit function in a generalized form,

χ(m) =
N∑

r=1

∫ T

0
g(xr, t,m)dt (5.2.1)

where r denotes the number of receivers and g(xr, t,m) can be any kind of
misfit between observed and synthetic data observed at xr. t is time and
m are the model parameters. The gradient of the misfit function, which
gives the Fréchet derivatives is,

δχ =
N∑

r=1

∫ T

0
∂sg(xr, t,m) · δs(xr, t,m)dt (5.2.2)

where δs(xr, t,m) is the perturbations in the displacement wavefield with
respect to the model parameters. In general, δs is expressed using the Born
approximation (Hudson, 1977; Wu & Aki, 1985),
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δsi(x, t,m) =

−

∫ t

0

∫

V

[δρ(x
′

,m)Gij(x,x
′

; t − t
′

)∂2
t
′sj(x

′

, t
′

,m)

+δcjklm(x
′

,m)∂
′

kGij(x,x
′

; t − t
′

)∂
′

lsm(x
′

, t
′

,m)]d3x
′

dt
′

(5.2.3)

where ρ is the density, cjklm is the forth-order elastic tensor, and δρ and
δcjklm are the associated perturbations. If we insert eq. 5.2.3 into 5.2.2,
the gradient becomes,

δχ =

−
N∑

r=1

∫ T

0
∂sg(xr, t,m)

∫ t

0

∫

V

[δρ(x
′

,m)Gij(x,x
′

; t − t
′

)∂2
t
′sj(x

′

, t
′

,m)

+δcjklm(x
′

,m)∂
′

kGij(x,x
′

; t − t
′

)∂
′

lsm(x
′

, t
′

,m)]d3x
′

dt
′

. (5.2.4)

Using the reciprocity of Green’s function (Aki & Richards, 1980; Dahlen &
Tromp, 1998) and reversing it in time, it is convenient to define the adjoint
wavefield,

s†k(x
′

, t
′

,m) =

∫ t
′

0

∫

V

Gki(x
′

,xr; t − t
′

)f †
i (xr, t,m)d3xdt (5.2.5)

where f †
i is the adjoint source given by,

f †
i (xr, t,m) =

N∑

r=1

∂si
g(xr, t,m)δ(x − xr). (5.2.6)

For a more complete derivation of the adjoint wavefield, please see Tromp
et al. (2005); Liu & Tromp (2006); Tromp et al. (2008).

For an isotropic material, the gradient of a given misfit function can
alternatively be written in the form of,

δχ =

∫

V

[Kρ(x)δ ln ρ(x) + Kµ(x)δ lnµ(x) + Kκ(x)δ lnκ(x)]d3x (5.2.7)
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where Kρ, Kµ, Kκ are the Fréchet derivatives with respect to the model pa-
rameters density (ρ), shear modulus (µ) and bulk modulus (κ), respectively.
Comparing to eq. 5.2.4, the Fréchet kernels can be written,

Kρ(x) = −

∫ T

0
ρ(x)s†(x, T − t) · ∂2

t s(x, t)dt (5.2.8)

Kµ(x) = −

∫ T

0
2µ(x)D†(x, T − t) : D(x, t)dt (5.2.9)

Kκ(x) = −

∫ T

0
κ(x)[∇ · s†(x, T − t)][∇ · s(x, t)]dt. (5.2.10)

where D and D† are the forward and adjoint traceless strain deviators,
respectively. This shows that the kernels can be obtained by two numerical
simulations, one for the forward and one for the adjoint wavefields. Using
the relations between the elastic moduli and the parameters density, P-
wave (α) and S-wave (β) velocities, the gradient can also be written in the
form of,

δχ =

∫

V

[K
′

ρ(x)δ ln ρ(x)+Kβ(x)δ lnβ(x)+Kα(x)δ lnα(x)]d3x (5.2.11)

where K
′

ρ, Kβ and Kα are given as,

K
′

ρ = Kρ + Kκ + Kµ (5.2.12)

Kβ = 2

(
Kµ −

4

3

µ

κ
Kκ

)
(5.2.13)

Kα = 2

(
κ + 4

3µ

κ
Kκ

)
. (5.2.14)

As can be noticed immediately, for a given seismic wavefield, the misfit
kernels depend on the adjoint wavefield. The adjoint wavefield is controlled
by an adjoint source which is dependent on a defined misfit from a particular
observable. Thus the key point to initiate an adjoint simulation is to define
an adjoint source for a defined misfit function. In our case, the misfit
functions are based on instantaneous phase, cross-correlation, waveform
and travel-time measurements. The unit of the kernels will be dependent
on the chosen misfit function as well.



5.2 Misfit functions and associated adjoint sources 105

5.2.2 Instantaneous phase measurements

A signal having no negative-frequency component is called an analytic sig-
nal (f̃(t)) which can be constructed from a real signal (f(t)) and its Hilbert
transform (H{f(t)}),

f̃(t) = f(t) − iH{f(t)} (5.2.15)

where the Hilbert transform of a signal defined as,

f̃(t) = −
1

π

∫ +∞

−∞

f(τ)

t − τ
dτ. (5.2.16)

Due to singularities at t = τ , the integral is defined using the Cauchy
principle value. The analytic signal can be written in terms of instantaneous
amplitude A(t) and phase φ(t),

f̃(t) = A(t)eiφ(t). (5.2.17)

This form allows to separate the phase and amplitude in the time domain
rather than in the frequency domain. The instantaneous phase difference
between the observed and synthetic seismograms in the time domain is
completely independent from amplitude information. We could also define
a misfit function based on the instantaneous amplitude difference however
we restrict our discussion here to the phase information only.

We define the square instantaneous phase misfit as,

χ(m) =
1

2

N∑

r=1

∫ T

0

∥∥∥φr(t, m) − φobs
r (t)

∥∥∥
2
dt. (5.2.18)

where φr(t, m) and φobs
r (t) denote the instantaneous phase of synthetic and

observed seismograms, respectively, as a function of time t and at receiver
r for a given Earth model m. The observed and synthetic seismograms are,
in general, filtered and windowed within a certain frequency band and time
window. The gradient of the misfit function is then,

δχ =
N∑

r=1

∫ T

0
[φr(t, m) − φobs

r (t)]δφr(t, m)dt (5.2.19)
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where δφr is the perturbation in instantaneous phase of the synthetic seis-
mograms due to a perturbation in model parameters δm. From eq. 5.2.15,
φr(t, m) is defined as,

φr(t, m) = arctan
ℑ{s̃(t, m)}

ℜ{s̃(t, m)}
(5.2.20)

where s̃(t, m) is the analytic signal of synthetic data s(t, m) given by,

s̃(t, m) = s(t, m) − iH{s(t, m)} . (5.2.21)

The perturbations in instantaneous phase then becomes,

δφr(t, m) = δ

(
ℑ{s̃(t)}

ℜ{s̃(t)}

)
/

[
1 +

(
ℑ{s̃(t)}

ℜ{s̃(t)}

)2
]

. (5.2.22)

After some algebra, we obtain,

δφr(t, m) =
H{s(t, m)} δs(t, m) − s(t, m)δH{s(t, m)}

s(t, m)2 + H{s(t, m)}2 . (5.2.23)

We can write δH {s(t, m)} as,

δH{s(t, m)} =
∂H{s(t, m)}

∂s(t, m)
δs(t, m) (5.2.24)

and using the definition of the partial derivative,

δH{s(t, m)} =
H{s(t, m) + δs(t, m)} −H{s(t, m)}

δs(t, m)
δs(t, m) (5.2.25)

where δs(t, m) is the perturbation in synthetic displacement wavefield with
respect to the model parameters m. Using the linearity property of the
Hilbert transform, it reduces to,

δH{s(t, m)} =
H{δs(t, m)}

δs(t, m)
δs(t, m). (5.2.26)
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Rearranging eq. 5.2.26, we obtain,

δH{s(t, m)} = − tan[δφr(t, m)]δs(t, m). (5.2.27)

We can expand the tangent function into power series and neglecting the
higher order terms, we are left with,

δH{s(t, m)} = −δφr(t, m)δs(t, m) (5.2.28)

If we substitute eq. 5.2.28 into 5.2.23, δφr becomes,

δφr =
[H{s(t, m)} + s(t, m)δφ(t, m)] δs(t, m)

s(t, m)2 + H{s(t, m)}2 . (5.2.29)

We can neglect s(t, m)δφr(t, m)δs(t, m) since it is a second order term, eq.
5.2.29 then becomes, to first order,

δφr =
H{s(t, m)} δs(t, m)

s(t, m)2 + H{s(t, m)}2 . (5.2.30)

Now we can rewrite the gradient of the misfit function by inserting eq.
5.2.30 into 5.2.19,

δχ =
N∑

r=1

∫ T

0
[φr(t, m) − φobs

r (t)]
H{s(t, m)} δs(t, m)

s(t, m)2 + H{s(t, m)}2 dt (5.2.31)

where we can immediately define the adjoint source as,

f †
i (xr, t,m) =

N∑

r=1

[
φri(xr, t,m) − φobs

ri
(xr, t)

]

H{si(xr, t,m)}

si(xr, t,m)2 + H{si(xr, t,m)}2 δ(x − xr). (5.2.32)

The adjoint source is the instantaneous phase difference multiplied by a
weighting function (the second term in the equation). If there is no phase
difference, the adjoint source will automatically be zero. The weighting
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function equalizes the amplitude of the signal. The denominator, which is
the square of the envelope of the synthetic data, weights the adjoint source
in a way that the maximum amplitude parts of the signal will interfere
with a low amplitude adjoint source and vice versa. This makes the adjoint
kernel independent of the signal amplitude.

To have a better insight about the concept of instantaneous phase,
let us consider two hypothetic Gaussian signals (Figure 5.2.1). The two
signals are the same except that there is 4 s time-shift between them. The
instantaneous phase of each signal monotonically varies from −π/2 to π/2.
Their difference is symmetric and is maximum where the two signals cross.
The weighting function has its minimum value at the maximum value of the
synthetic signal due to the normalization with the square of the envelope.

5.2.3 Generalized cross-correlation measurements

We define the cross-correlation misfit function as,

χ(m) =
1

2

N∑

r=1

∫ T2

T1

∥∥∥Γs
r(xr, t,m) − Γd

r(x, t)
∥∥∥

2
dt (5.2.33)

where,

Γs
r(t) =

1

Nd

∫ T

0
si(τ)di(t + τ)dτ (5.2.34)

Γd
r(t) =

1

Nd

∫ T

0
di(τ)di(t + τ)dτ (5.2.35)

are the cross-correlation between the synthetic and observed data, and the
auto-correlation of the data, respectively. Nd is the normalization factor
given by,

Nd =

∫ T

0
d(t)2dt. (5.2.36)

The gradient of the misfit function then becomes,
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Figure 5.2.1: An example for instantaneous phase measurements for the two Gaus-
sian signals shown in (a). In (b), instantaneous phases of each signal (red and
black) and their difference (green); in (c), the weighting function; and in (d), the
adjoint source which is obtained by the multiplication of the phase difference in
(b) and the weighting function in (c) are presented.



110 Chapter 5

δχ =
N∑

r=1

∫ T2

T1

[
Γs

r(xr, τ,m) − Γd
r(x, τ)

]
δΓs

r(x, τ,m)dτ (5.2.37)

and the perturbations in cross-correlation function is,

δΓs
r(τ) =

1

Nd

∫ T

0
di(t + τ)δs(t)dt (5.2.38)

where δs(t) denotes the perturbations in synthetic seismograms due to per-
turbations in model parameters δm. If we substitute eq. 5.2.38 into 5.2.37,

δχ =
1

Nd

N∑

r=1

∫ T

0

∫ T2

T1

[
Γs

r(xr, τ,m) − Γd
r(xr, τ)

]
di(t + τ)δsi(t,m)dτdt.

(5.2.39)

The cross-correlation adjoint source then is,

f †
i (xr, t,m) =

1

Nd

N∑

r=1

∫ T2

T1

[
Γs

ri
(xr, τ,m) − Γd

ri
(xr, τ)

]

di(T − t + τ)δ(x − xr)dτ. (5.2.40)

The cross-correlation measurements are simply based on the difference
between the cross-correlation of observed and synthetic data, and the auto-
correlation of observed data, convolved with the observed data themselves.
Let us again consider the same Gaussian signals as discussed in the previous
section. Since our observed and synthetic data have the same waveform, Γd

and Γs also have similar waveforms but Γs is shifted 4 s towards positive side
(Figure 5.2.2). Thus the time difference between their pick values gives the
time-shift between the signals. However, the adjoint source does not only
consider the time-shift at the peak values as in travel-time measurements
and is therefore a generalization of the latter. Due to the convolution of
Γs-Γd with the observed data, the adjoint source will be dependent on
amplitude.
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Figure 5.2.2: An example for cross-correlation measurements for the two Gaussian
signals shown in (a). In (b), cross-correlation of the Gaussian signals (red), auto-
correlation of the observed data (black) and the difference between them (green);
and in (c), the adjoint source which is obtained by the convolution of the difference
between cross-correlation and auto-correlation with observed data are presented.
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5.2.4 Waveform measurements

A common way of incorporating amplitude together with phase information
in seismic tomography is done by defining the waveform misfit function
(e.g., Tarantola, 1984, 1987, 1988; Nolet, 1987) as,

χ(m) =
1

2

N∑

r=1

∫ T

0
‖s(xr, t,m) − d(xr, t)‖

2 dt (5.2.41)

where s and d denote the synthetic and the observed data, respectively.
We closely follow the notation of Tromp et al. (2005). The gradient of the
misfit function is then,

δχ =
N∑

r=1

∫ T

0
[s(xr, t,m) − d(xr, t)] δs(xr, t,m)dt (5.2.42)

where δs is the perturbation in the displacement field s due to perturbations
in model parameters δm. Thus the waveform adjoint source is defined as,

f †
i (x, t,m) =

N∑

r=1

[si(xr, T − t,m) − di(xr, T − t)]δ(x − xr). (5.2.43)

5.2.5 Travel-time measurements

Travel-time misfit is a widely-used measurement technique in the literature
and is defined as the travel-time difference between synthetic and observed
data given as,

χ(m) =
1

2

N∑

r=1

[Tr(m) − T obs
r ]2 (5.2.44)

where Tr(m) is the predicted travel-time of a selected phase at the receiver
r and T obs

r is the corresponding observed travel-time. We again follow the
notation of Tromp et al. (2005). The gradient of the travel-time misfit
function is,
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δχ =
N∑

r=1

[Tr(m) − T obs
r ]δTr (5.2.45)

where δTr is the perturbations due to model perturbations δm and may
be written in the form of cross-correlation between observed and synthetic
waveform data (e.g., Luo & Schuster, 1991; Marquering et al., 1999; Dahlen
et al., 2000),

δTr =
1

Nr

∫ T

0
wr(t)∂tsi(xr, t,xr)δsi(xr, t,xr)dt (5.2.46)

where Nr is the normalization factor given by,

Nr =

∫ N

0
wr(t)si(xr, t,m)∂2

t si(xr, t,m)dt (5.2.47)

and wr(t) is an appropriate window which isolates a specific phase. Insert-
ing eq. 5.2.46 into eq. 5.2.45, the travel-time adjoint source becomes,

f †
i (x, t,m) =

N∑

r=1

[Tr(m)−T obs
r ]

1

Nr
wr(T − t)∂tsi(xr, T − t,m)δ(xr − x).

(5.2.48)

5.2.6 Comparison of adjoint sources

The Fréchet kernels depend on the misfit function via the adjoint source.
It is therefore instructive to look at the adjoint sources. In Figure 5.2.3,
the adjoint sources are shown for the misfit functions defined as the instan-
taneous phase difference (IP), cross-correlation difference (CC), waveform
difference (WF) and travel-time difference (TT) using the two Gaussian
signals considered in the previous sections (see Figures 5.2.1, 5.2.2). For
single phase waveforms all misfit functions give similar adjoint sources al-
though not identical. The width of the adjoint sources change, WF is the
narrowest and CC is the widest. The CC measurements can be thought
as an extension to the TT measurements. Among all the misfit functions
we consider here, IP and TT do not depend on amplitude but the latter is
only defined for a well isolated phase and not applicable to a complicated
waveform.
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.
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5.3 Results

We considered the misfit functions based on TT, WF, CC and IP measure-
ments for different waveforms and computed the corresponding sensitivities
using adjoint simulations based upon the 3-D numerical wave simulation by
the spectral element method (SEM) of Komatitsch & Tromp (2002a,b) for
selected ray paths. To have a better understanding on how selected misfit
functions behave, we did purely synthetic experiments. We first used 1-D
isotropic PREM and 3-D mantle model S20RTS with 3-D crustal model
Crust2.0 (S20RTS+Crust2.0) to be used as synthetic and observed data,
respectively. We used an explosive source to make the kernels simple and
present the results for the vertical component. We then fixed the crust
and upper mantle structures in both sets of SEM seismograms. We used
S20RTS+Crust2.0 to compute the observed seismograms. For the synthetic
seismograms, the crust and uppermantle is S20RTS+Crust2.0 and the lower
mantle is PREM (S20RTSum+Crust2.0). In this case, we used the original
CMT solution of a real earthquake and present results for the transverse
component.

5.3.1 PREM vs. S20RTS+Crust2.0

We computed seismograms in 1-D isotropic PREM and in the 3-D mantle
S20RTS with 3-D crust Crust2.0 on top (S20RTS+Crust2.0) which play the
role of synthetic and observed data, respectively. We modified the CMT
solution of the Rat Islands earthquake (March 17, 2003, Mw = 7.0) to an
explosive source in order to eliminate the directionality of the source and to
simplify the content of the kernels. We present the results for the wavefield
recorded at the station DBO (∆ = 40◦) (path A in Figure 5.3.1).

Before computing the adjoint sources, we applied a band-pass filter to
the SEM seismograms between 42 s and 500 s. The seismograms with
marked phases on are shown in Figure 5.3.2. The instantaneous phase shift
difference clearly shows the difference in phase at each time step between
these two seismograms. The maximum phase shift occurs for the surface
waves and multiple surface reflections.

We applied cosine windows to extract individual parts of the seismo-
grams to understand the properties of the different misfit functions. We
then computed the adjoint kernels considering the full seismograms using
body and surface waves together. We qualitatively compared the computed
finite-frequency adjoint kernels from different misfit functions. Note that,
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C 

Figure 5.3.1: The ray paths of the seismograms used in this study. The path A
corresponds to the Rat Island earthquake (March 17 2003, Mw = 7.0, depth=27
km) recorded at the station DBO. Note that for the synthetic experiment in Section
5.3.1, the CMT solution of the earthquake was modified to an explosive source.
The paths B and C correspond to the Irian Jaya earthquake (February 2 2004,
Mw = 7.0, depth=13 km) recorded at the stations ERM and CASY, respectively.

for the P-wavetrain, surface waves and full seismograms, we did not use TT
measurements since they are not designed to be used for multiple phases.

P-waves: There is approximately a 2.5 s difference between the ob-
served and the synthetic P-waves as shown in Figure 5.3.3. The filtered
adjoint sources between 42s-500 s, which is the frequency band of our seis-
mograms, for TT, WF, CC, and IP measurements are also shown in Figure
5.3.3. The adjoint sources are not identical, however, they are similar in
shape with the biggest difference for IP measurements. These similarities
can also be seen on the adjoint kernels (Figure 5.3.4). The adjoint kernel
from TT measurements shows a typical banana-doughnut shape represent-
ing the P-wave sensitivity in the mid-mantle. WF and CC kernels are simi-
lar whereas the IP kernel has a less pronounced hole. Due to our frequency
content, the kernels are rather large.

P-wavetrains: Here we set the time window between 350 s and 650 s
where we observe multiple P-wave arrivals, P, pP, PP, PcP (Figure 5.3.5).
All misfit functions have now different adjoint sources. WF and CC pick
out P and PP-waves in the adjoint sources and WF shows pronounced
oscillations for the whole signal due to amplitude changes. IP emphasizes
the end of the P-wave. The adjoint kernels for WF and CC show a mixture
of P and PP sensitivities where the WF kernel is more oscillatory as can be
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Figure 5.3.4: Source-receiver cross-sections of the Kα finite-frequency adjoint ker-
nels for P-waves computed by the adjoint sources presented in Figure 5.3.3. The
units of the kernels are; s2/m3 for travel-time misfit (TT), s/m for waveform mis-
fit (WF), s/m3 for cross-correlation misfit (CC), and rad.s/m3 for instantaneous
phase misfit (IP).
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expected from the adjoint source (Figure 5.3.6). In the IP kernel, P-wave
sensitivity is dominant and has nicely developed higher Fresnel zones. In
all kernels, PcP sensitivity is very small compared to the other phases.

Rayleigh waves and the overtones: We kept the time window large
enough to capture not only the fundamental mode but also overtones and
multiple surface reflections such as the PSS phase. Since the adjoint source
from IP measurements equally weights all the seismic phases, low amplitude
parts of the signal has the highest amplitude in the adjoint source (over-
tones at 1050 s and long period surface waves at 1400 s, Figure 5.3.7).
WF and CC measurements favor the high amplitude parts as expected.
The misfit kernels are of course all sensitive to the uppermost part of the
Earth’s structure but in different ways. When we look at the sensitivities
at the surface, we observe that WF and CC kernels are similar to amplitude
kernels and more sensitive to the fundamental mode (Figure 5.3.8). The
IP kernel is narrower due to the interaction of the fundamental mode with
surface reflections.

Full seismograms: For a single phase or a small portion of the seis-
mogram, the kernels for different misfit functions are quite similar except
for small scale structures and the amplitude of the kernels. The interesting
question is how these different measurement techniques behave when we
consider all phases together, i.e., the entire seismogram. In Figure 5.3.9,
we present the adjoint sources for WF, CC and IP measurements. Since
WF and CC misfit functions are amplitude dependent, they immediately
pick out the high amplitude parts of the signal which are the surface waves.
Thus, they focus on surface structures (Figure 5.3.10). However, IP mea-
surements provide additional information. The highest sensitivity is for
surface waves since they present a large phase shift due to the velocity
models we used to compute the synthetics. However, IP measurements
also show P-wave sensitivity, which is less than surface waves, not because
of the amplitude but because the phase shift is smaller for P-waves (see
Figure 5.3.2). WF and CC kernels have no P-wave sensitivity although
there are differences in the P-waves.

5.3.2 Fixed upper mantle and crust

The maximum velocity heterogeneity occurs in the uppermost part of the
Earth and therefore we get the maximum phase shift for surface waves
in shallow earthquake seismograms. In order to investigate the effect of
amplitude variations in seismograms further, we fixed the uppermantle and
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CCWF

IP

Figure 5.3.6: Source-receiver cross-sections of the Kα finite-frequency adjoint ker-
nels for P-wavetrain computed by the adjoint sources presented in Figure 5.3.5.
The units of the kernels are; s/m for waveform misfit (WF), s/m3 for cross-
correlation misfit (CC), and rad.s/m3 for instantaneous phase misfit (IP).

crustal part of the velocity models in both sets of seismograms. The SEM
seismograms computed in S20RTS+Crust2.0 and S20RTSum+Crust2.0 are
observed and synthetic data, respectively. We computed the synthetics for
the Irian Jaya earthquake (5 February, 2004, Mw = 7.0) and present the
results for the wavefield recorded at the station ERM (∆ = 46◦) (path B
in Figure 5.3.1).

The observed and the synthetic seismograms and the instantaneous
phase difference between the seismograms are shown in Figure 5.3.11. The
surface waves in both SEM seismograms are almost the same with some
minor differences and S, SS and ScS phases differ due to their sensitivi-
ties to deeper structures. In Figure 5.3.12, the adjoint sources obtained
from WF, CC and IP measurements are shown filtered between 42-500 s
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Figure 5.3.7: The same as Figure 5.3.3 but for surface waves and without TT
measurements.
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WF WF

CC CC

IP IP

Figure 5.3.8: Source-receiver cross-sections (left column) and horizontal slices at
the surface (right column) of the Kα finite-frequency adjoint kernels for surface
waves computed by the adjoint sources presented in Figure 5.3.7. The units of
the kernels are; s/m for waveform misfit (WF), s/m3 for cross-correlation misfit
(CC), and rad.s/m3 for instantaneous phase misfit (IP).
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WF CC

IP

Figure 5.3.10: Source-receiver cross-sections of the Kα finite-frequency adjoint
kernels for full seismograms computed by the adjoint sources presented in Figure
5.3.9. The units of the kernels are; s/m for waveform misfit (WF), s/m3 for
cross-correlation misfit (CC), and rad.s/m3 for instantaneous phase misfit (IP).
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Figure 5.3.11: Transverse component SEM seismograms computed for
S20RTSum+Crust2.0 and S20RTS+Crust2.0 models which play the role of syn-
thetic and real seismograms, respectively, with the marked seismic phases on top
(upper plot), and the instantaneous phase difference between them as a function
of time (lower plot). The seismograms are from the path B presented in Figure
5.3.1.

in the same way as the seismograms. WF and CC measurements naturally
favor the high amplitude parts of the data. Due to the convolution with
the observed data, the CC adjoint source shows more oscillations. IP em-
phasis the parts where it detects phase differences at the end of S and at
the beginning od SS, normalizing the amplitudes of different phases in a
single seismogram. The difference between amplitude dependent WF and
CC with IP is very clear on their sensitivity kernels (Figure 5.3.13). WF
and CC measurements are most sensitive to SS phase where IP is almost
equally sensitive to S and SS.
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Figure 5.3.12: Adjoint sources computed for the full seismograms (top plot) also
presented in Figure 5.3.11, using waveform (WF), cross-correlation (CC) and in-
stantaneous phase (IP) measurements.
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CCWF

IP

Figure 5.3.13: Source-receiver cross-sections of the Kβ finite-frequency adjoint
kernels for full seismograms computed by the adjoint sources presented in Figure
5.3.12. The units of the kernels are; s/m for waveform misfit (WF), s/m3 for
cross-correlation misfit (CC), and rad.s/m3 for instantaneous phase misfit (IP).
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5.4 Discussions

The chosen misfit function determines the information we can get out of the
data. Considering single phases, although not the same, all corresponding
kernels have similar characteristics. For longer waveforms, WF and CC
measurements have similar kernels, but IP measurements differ because
they are completely independent from amplitude information.

In case of purely synthetic seismograms, IP measurements, for the whole
seismograms, have well behaved properties. However, in practice, their use
might not be straightforward. IP measurements are amplitude independent,
a reliable estimation of the phase requires a minimum level of amplitude
present in the signal. We are in the regime of the Born approximation thus
we assume that the phase differences are within one cycle at most. Noise
content of signals could effect the low amplitude part of the signal and
randomize the phase. We are going to discuss these issues in detail below.

5.4.1 Phase jumps

In IP measurements, the phase difference is measured between ±π rad.
Thus, cycle slips occur whenever there is more than one cycle difference
between observed and synthetic data. We present such an example in Fig-
ure 5.4.1 (the seismograms are from the path C in Figure 5.3.1). We observe
phase jumps between the two signals around 1800 s and right before surface
waves around 2050 s. The cycle slips are likely to occur when one seismo-
gram has completed one cycle and the other one has not, which is controlled
by the zero crossings. Cycle slips can also occur whenever the two phases
are very much out of phase. Since we are working within the limits of Born
theory, our observed and synthetic data should differ by ±π at most. It is
easy to detect such cycle slips in the instantaneous phase difference and to
eliminate these parts of the seismograms by windowing similar to Fichtner
et al. (2008). In order to avoid cycle slip problem in phase measurements,
Ekström et al. (1997) used long period waveforms first and then gradually
increased the frequency content of the data in the next iterations of the
inversion. Since the phase jumps should be less at long periods (see Figure
5.4.2), a similar approach can be used in our case as well.
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Figure 5.4.1: An example for phase jumps occur in instantaneous phase mea-
surements. a) SEM seismograms from the path C presented in Figure 5.3.1 were
bandpass filtered between 40 s and 500 s, b) instantaneous phase difference be-
tween the seismograms. In (i) and (ii), the parts of the seismograms where the
phase jumps are observed are enlarged.

5.4.2 The effect of noise on simulations

All experiments so far have been based on noise free synthetic experiments.
An important issue, however in real cases is the noise content of the data.
The effect of noise should be small in the case of WF and CC measurements
since they favor the high amplitude parts of the data. IP measurements are
amplitude independent and every wiggle has equal weight, thus this could
potentially increase the noise contribution in the kernels compared to the
amplitude dependent misfit functions. The best solution is of course to use
high quality seismograms. One obvious strategy is to isolate parts of the
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Figure 5.4.2: The same as Figure 5.4.1 but the seismograms were bandpass filtered
between 100 s and 500 s.

signal with a high signal-to-noise ratio (e.g., Maggi et al., 2009).

In Figures 5.4.3 and 5.4.4, we did some tests with noisy data, to see
how the IP measurements would be sensitive to the noise content. We
used similar seismograms as presented in Section 5.3.1 and performed our
experiments by adding different levels of noise to the S20RTS+Crust2.0
seismograms. In the first example (Figure 5.4.3), we produced uniformly
distributed random numbers and scaled them with 50% of the maximum
of the P-wave amplitude. In this case, the P-wave can still be identified
and the noise level does not have a dramatic effect on the kernels. The
sensitivity kernel is very similar to the one from noise free data. When
we increase the noise level to be comparable with P-wave amplitude, we
loose the P-wave sensitivity. However, it does not introduce any structure
in the kernel which does not present in the data. This is probably because,
random noise does not constructively interfere with the forward wavefield
during the adjoint simulations.

In the second example we used similar seismograms as presented in
Section 5.3.2, where we had fixed the uppermantle and crustal models in
real and synthetic data. This time, random noise was scaled to 10% and
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A B

C

Figure 5.4.3: Noise analysis on sensitivity kernels computed for the full seismo-
grams presented in Figure 5.3.2 using IP measurements. Uniformly distributed
random noise was generated and scaled to 50% (B) and 100% (C) of the maxi-
mum of the P-wave and added to the observed data. In (A), the kernel from noise
free data is presented.

50% of the maximum amplitude of S-wave. The multiply reflected waves
and higher mode surface waves are partly to completely under the noise
level. We observe that the higher the noise level, the stronger the amplitude
of the S-kernels. The sensitivity kernel having 10% noise is similar to the
one from noise free data. In the case of 50% noise, the clear separation of S
and SS phases is less apperent. However, the major structure of the kernel
remains the same as in the kernel from noise free data.

We observe that in the case of high signal to noise ratio, the sensitivity
kernels are very similar to noise free kernels. When the noise level increases,
interestingly the sensitivities do not change dramatically. The noisy part
of the seismogram relative to the less noisy part looses sensitivity.
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A B

C

Figure 5.4.4: Noise analysis on sensitivity kernels computed for the full seismo-
grams presented in Figure 5.3.11 using IP measurements. Uniformly distributed
random noise was generated and scaled by 10% (B) and 50% (C) of the maximum
of the S-wave and added to the observed data. In (A), the kernel from noise free
data is presented.
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5.4.3 Comparison of the misfit functions

For a single phase, all misfit functions give similar sensitivities. For longer
waveforms, misfit functions have their own way of sensing the Earth’s in-
terior.

TT measurements are designed for single phases or very similar wave-
forms which have to be identified first. This gives a robust estimation of the
phase shift and kernel (e.g, Luo & Schuster, 1991; Marquering et al., 1999;
Dahlen et al., 2000; Tape et al., 2007). However, the drawback is that it can
be time consuming to pick every phase in a seismogram. Recently, auto-
matic phase picking algorithms have been released (e.g. Maggi et al., 2009)
particularly to be used in adjoint tomography. General CC measurements
suggest a way to look at the phase shifts of a group of phases together.
However, since the adjoint source of the CC measurements is convolved
with observed data, the CC measurements are amplitude dependent and
behave like the WF measurements. This amplitude dependence of the mis-
fit functions favors the higher amplitude parts in a wavetrain. This can be
a disadvantage that we loose the contribution of the low amplitude phases
in the sensitivity kernels. Amplitude dependence of the misfit functions, on
the other hand, provide a good way of suppressing the noise contribution.

IP measurements suggest a good way to cope with strong amplitude
differences in a seismogram and allow to treat even surface waves and body
waves together by equally weighting every wiggle. It is similar to the ap-
proach of Fichtner et al. (2008) based on the time-frequency analysis of
Kristekova et al. (2006) which also separates the phase and amplitude in-
formation. The advantages of IP are less data processing and easier imple-
mentation. It can also be easier to handle phase jumps in time domain.

5.5 Conclusions

We proposed new misfit functions based on the cross-correlation and instan-
taneous phase differences for seismic tomography. We determined the asso-
ciated adjoint sources and examined their properties by computing finite-
frequency adjoint kernels based upon the spectral element method. We also
compared the newly introduced misfit functions with more commonly used
waveform and cross-correlation travel-time misfit functions.

When we consider isolated phases, all misfit functions more or less give
similar results. CC measurements are similar to WF measurements. They
favor the high amplitude part of the seismograms, but are relatively in-
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sensitive to noise. Instantaneous phase measurements provide an easy and
efficient way to deal with different observables in a single seismogram. Un-
like amplitude dependent misfit kernels, the sensitivity kernels have equally
weighted contributions from all phases. Care has to be taken in the pres-
ence of phase jumps and noise. It is encouraging that a reasonable noise
content does not have a dramatic effect on the kernels. On the other hand,
phase jumps and noise level, if problematic, can be identified very easily
by the instantaneous phase difference between the signals and envelope.
The problematic parts in the seismograms can then easily be removed. IP
provides complementary information to other amplitude dependent misfit
functions in the finite-frequency adjoint kernels.
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Concluding remarks

We have reached the limits of ray theory in the current resolution of the
seismic tomography images. The advances in the numerical simulation of
wave propagation have created the opportunity to refine the tomographic
models by taking into account the full non-linearity of the problem. Nu-
merical simulation of the wave propagation in 3-D structures also provides
an efficient way to assess the current tomographic images. This thesis is
dedicated to underline some shortcomings of classical seismic tomography
at the global scale using 3-D numerical wave propagation by a spectral ele-
ment method (Komatitsch & Tromp, 2002a,b). Based on our observations,
we suggest some possible solutions to improve the images. In addition, we
propose new ways to exploit as much information as possible from a single
seismogram by defining new misfit functions and identifying new usable
data in the seismograms in combination with 3-D numerical simulations.

In Chapter 3, we analyzed the accuracy of crustal corrections on fun-
damental mode surface waves and their effect in global mantle tomography.
We estimated crustal corrections using ray theoretical and 2-D finite fre-
quency approximations and compared them to those obtained from 3-D
wave simulation by a spectral element method. We observed that crustal
effects can not be completely removed from seismograms and produce er-
rors larger than those in phase velocity measurements at periods shorter
than 60 and 80 s for Rayleigh and Love waves, respectively. As a result
of different impact of crustal corrections on Rayleigh and Love waves, the
inversion of residual time-shifts produce radial anisotropy in mantle com-
parable in strength to those of existing models at least in the uppermost
mantle. Furthermore, we observed a sign change in anisotropy caused by

137
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imperfect crustal corrections which is similar to what has been interpreted
so far. As a consequence, our observations indicate that part of mantle
anisotropy could be uncorrected crustal signal. This subject needs a thor-
ough investigation in future work. Rayleigh and Love waves are affected
by the crustal structure in a different way. The nonlinear influence of the
crust on surface waves becomes more visible at longer source-receiver dis-
tances. Since the crust has a highly nonlinear behavior, extensions to great
circle approximation such as exact ray theory or finite frequency theory do
not improve the results suggesting that the higher order effects are impor-
tant to describe the crust. The possible solutions are the use of either 3-D
reference models, which is becoming available with numerical methods, or
inverting mantle together with crust to take the nonlinearity of crust into
account.

In Chapter 4, we quantitatively compared real seismograms with syn-
thetic ones computed in various 3-D mantle models constructed by phase
measurements by looking at phase and amplitude differences of surface
waves and some body wave phases such as P, S, and SS waves, in order to
understand how far current tomographic images represent the real Earth’s
mantle. In particular, we examined the effect of damping on our interpre-
tation of the mantle by choosing differently damped mantle models. In
addition, by comparing syntehtic seismograms computed in various 1-D
and 3-D crustal and mantle models, we tried to understand the elastic and
anelastic contribution of the models in tomography. It is surprising that
although the differently damped mantle models are remarkably different
from each other, from a statistical point of view, we cannot distinguish
which model explains the mantle better than the others. Based on the
results in the previous chapter, we think that this is likely due to large
crustal signal remaining after imperfect crustal corrections. As expected,
the 3-D tomographic models mainly improve the phases of the seismograms
both in surface and body waves compared to 1-D models. However, there
is still vast information in seismograms both in phase and amplitude to
be explained. In our comparisons, SEM amplitudes are on average larger
than the amplitudes of the real seismograms. Amplitudes can partly be
explained by the scattering and source effects, but our results are likely
pointing to an important contribution from anelastic properties of wave
propagation. Attenuation seems more important for surface waves whereas
body waves are more affected by focusing/defocusing effects.
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Another important issue in global seismic tomography is the lack of
data coverage due to uneven distribution of earthquakes and stations on
the globe. Unlike the approximations to the wave equation that restrict the
usable data, numerical methods offer an invaluable opportunity to model
full seismograms. In Chapter 5, we defined new misfit functions for the
full waveform inversion in order to extract as much information from a sin-
gle seismogram as possible. We proposed two new misfit functions based
on instantaneous phase and cross-correlation measurements to be used for
full waveform inversions. In order to have a better insight into the prop-
erties of the different misfit functions, we compared them to existing ones
such as waveform and travel-time measurements that are widely used in
tomography. We qualitatively compared the new and existing misfit func-
tions by computing finite frequency sensitivity kernels for a source-receiver
pair using adjoint methods based upon a spectral element method. Cross-
correlation mesurements are a kind of extension to classical travel-time
measurements in terms of allowing to measure the phase or time shifts in a
wavetrain. It provides a robust way of suppressing the noise due to the am-
plitude dependence of the misfit function. However, this gives the emphasis
to high amplitude phases while restricting the contribution of small ampli-
tude phases in the sensitivity kernels similar to waveform measurements.
Thus, CC measurements should be used for wavetrains where the phases
have comparable amplitudes in order not to loose information. Instanta-
neous phase measurements provide an effective way to measure the phase
difference independently from amplitude information. Due to the natural
normalization involved in the adjoint source, it is successful in weighting
every observable in a seismogram which theoretically allows us to use a full
seismogram. This may enhance the noise, however, our simulations show
that noise does not have a dramatic effect on the sensitivity kernels. An-
other possible difficulty might occur due to phase jumps. These problems
can be easily detected by examining the instantaneous phase difference.
Possible solutions are to cut out the problematic parts of the seismograms
or to start inversion using long period seismograms.

3-D numerical simulations are clearly the way forward to enhance the
resolution of the current tomographic images. Using a large part of the
seismograms is possible in one simulation using certain misfit functions.
However, we also need to consider the anelastic properties of the Earth
even for phase measurements alone. In addition, the crustal problem has
to be addressed during inversion by inverting the mantle together with the
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crust omitting the correction step. Due to highly non-linear behavior of the
crust, crustal corrections to the waveforms can only be applied using 3-D
background models. Considering the full non-linearity of wave propagation
undoubtedly provides the opportunity to increase the amount of usable
data without worrying about defining phases in a seismogram. The chosen
misfit function however has also a crucial control over the data sensitivity.
In this respect, instantaneous phase measurements provide complementary
information to the classical misfit functions. The results from instanta-
neous phase measurements are promising to exploit more information from
a single seismogram.
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Mégnin, C. & Romanowicz, B., 2000.

The 3D shear velocity structure of the
mantle from the inversion of body,
surface and higher mode waveforms,
Geophys. J. Int., 143, 709–728.

Meier, U., Curtis, A., & Trampert,
J., 2007. Fully nonlinear inver-
sion of fundamental mode surface
waves for a global crustal model,
Geophys. Res. Lett., 34, L16304,
doi:10.1029/2007GL030989.
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Summary

We have reached a stage in seismic tomography where further refinements
with classical techniques become very difficult. Advances in numerical
methods and computational facilities are providing new opportunities in
seismic tomography to enhance the resolution of tomographic mantle im-
ages. 3-D numerical simulations of seismic wavefields also allow us to check
the reliability of the current mantle images and the classical techniques. In
this thesis, using 3-D wave simulations by a spectral element method, we
present three specific studies which underline some shortcomings in global
mantle tomography.

We first investigated crustal corrections for fundamental mode surface
waves. We compared the crustal corrections estimated by first order ap-
proximations such as great circle approximation, exact ray theory and
finite-frequency theory, to those obtained from 3-D wave simulations. We
observed that crustal corrections can produce errors larger than those in
phase measurements at periods longer than 60 and 80 s for Rayleigh and
Love waves, respectively. Rayleigh and Love waves are differently influenced
by the crust. Therefore imperfect crustal corrections have potential to pro-
duce radial anisotropy which may bias our interpretation of anisotropy in
the upper-mantle. Extensions to the great circle approximation do not im-
prove the results because of the highly non-linear behaviour of the crust.
Thus either the mantle has to be inverted together with the crust or 3-D
background models have to be used for the measurements.

We then compared real data with synthetic seismograms computed in
various 3-D mantle models. We particularly investigated the effect of damp-
ing on global mantle models. In addition, we tried to examine the elastic
and anelastic contribution of the models by comparing seismograms com-
puted in 1-D and 3-D crustal and mantle models. Our results show that
different 3-D mantle models give statistically similar results although they
are different from each other. We observed that a large part of the seis-
mograms remained unexplained, particularly the amplitudes. 3-D velocity
models are not enough to explain amplitude information alone. Attenuation
may have an important contribution to surface-wave amplitudes whereas
body waves are more affected by scattering effects.

Lastly, we proposed new misfit functions based on instantaneous phase
and cross-correlation measurements for full waveform inversion. In addi-
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tion, we qualitatively compared them to classical ones such as waveform
and travel-time misfits by computing the finite-frequency sensitivity ker-
nels using adjoint methods based upon a spectral element method. We
observed that instantaneous phase measurements provide complementary
information to the other misfit functions and are promising to exploit more
information from a single seismogram.



Samenvatting (Summary in
Dutch)

Aan de hand van 3-D numerieke golfvoortplantingssimulaties met de spec-
trale elementen methode, presenteren we drie studies die tekortkomingen in
globale manteltomografie blootleggen. Ten eerste hebben we korstcorrecties
voor de grondtoon van oppervlaktegolven onderzocht. We constateerden
dat deze korstcorrecties fouten kunnen veroorzaken die groter zijn dan de
standaarddeviatie van fasemetingen voor korte perioden en daarom onze
interpretatie van anisotropie in de bovenmantel kunnen bëınvloeden. Dit
betekent dat we bij inversies, ofwel een oplossing moeten zoeken voor zowel
de mantel en de korst, of dat we een 3-D achtergrondmodel moeten ge-
bruiken. Ten tweede vergeleken we synthetische seismogrammen, berekend
met 3-D modellen van de mantel, met echte seismogrammen. Verschillende
aardmodellen gaven, statistisch gezien, vergelijkbare resultaten. Grote
gedeeltes van de seismogrammen bleef echter onverklaard, met name de
amplitude. Snelheidsmodellen alleen zijn niet afdoende om de amplitudes
te verklaren. Attenuatie kan een belangrijke rol spelen bij de amplitude van
oppervlaktegolven. Ten slotte poneren we nieuwe misfit-functies gebaseerd
op verschillen in instantane fase en in kruiscorrelaties. We vergelijken de
functies met klassieke misfit-functies door geadjungeerde kernels te bereke-
nen. Metingen van de instantane fase zijn veelbelovend om meer informatie
uit individuele seismogrammen te verkrijgen.
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