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Chapter 1
General introduction
Yvonne van Breugel

1.1

Global carbon cycle, modern climate and oceanic anoxic events (OAEs)

There is increasing scientific evidence that the massive combustion of fossil fuels by
man since the industrial revolution has contributed to a dramatic rise in atmospheric CO2
levels from 280 ppmv (parts per million by volume) in 1800 to about 380 ppmv in 2004
(GLOBALVIEW, 2005). The effect that these emissions can have on the global carbon cycle
has become a highly contentious issue in the current debate regarding future
climate change. An intrinsic problem with
anthropogenic greenhouse emissions and
their possible effect on climate is that they
constitute an unprecedented phenomenon
in geological terms. However, the
sedimentary record contains evidence for a
number of past climatic perturbations
(Jenkyns, 2003, and references therein),
whereby abnormal levels of greenhouse
gases would also have been generated,
albeit via natural causes (e. g., widespread
volcanism, meteorite impacts; Weissert
and Erba, 2004; Glikson, 2005). Past
climatic events as recorded in sediments
may therefore represent key “windows” in
deciphering how the present climate is
likely to evolve (Nisbet, 2001).
The most striking climate changes
of the Mesozoic (248 to 65 Ma) occurred
during the low to mid Cretaceous and early
Toarcian, and are represented by the socalled oceanic anoxic events (OAEs;
Jenkyns, 2003) (Fig. 1.1). OAEs are
characterized by widespread distribution of
organic carbon-rich sediments, low
abundances or absence of benthic
foraminifera and often a concomitant
Figure 1.1. Chronostratigraphic position of
positive δ13C excursion. These features
Mesozoic OAEs (gray line) and events of a
have been collectively explained by
negative δ13C-shift (<), modified from Erbacher et
extensive (ocean-wide) water-column
al. (1999).
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stratification, bottom water anoxia, increased primary production and/or burial of isotopically
light organic matter, and probably a resultant draw-down of atmospheric CO2.
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Figure 1.2. The long-term carbon cycle, showing fluxes, isotopic compositions (Kump and Arthur, 1999;
Cramer and Kent, 2005, and references therein), perturbation- and feed-back mechanisms. Rectangles represent
carbon reservoirs, ovals represent important processes, and the important parameters temperature (Temp.) and
humidity (rain). Wide arrows represent material transport. Line arrows with a ‘+’ symbol near the arrow head
represent positive couplings, for which the sense of the change is the same in both connected system
components; the negative couplings (with a ‘–’ near the arrow head) represent couplings where the sense of
change is opposite in the component at the arrow’s head (modified from: Kump and Arthur, 1999; Kump et al.,
2000). Conceptual models of perturbation mechanisms are numbered (1 to 5; see text below) and the couplings
are represented by dashed lines. Water column anoxia (1; shaded area) can be induced by igneous events, a
change in the hydrological cycle (e.g., by eustatic sea-level rise or distribution of land-masses) and increased
primary production. It can also be a consequence of massive methane release from gas hydrates. MORB mid
ocean ridge basalts.

Increased atmospheric CO2 pressures (Erba et al., 1999), changing climate and
weathering patterns (Erbacher et al., 1996; Hochuli et al., 1999), reorganization of landmasses
(e.g., formation of a deep water connection between South and North Atlantic Oceans during
the Cenomanian-Turonian OAE-2; Kuypers et al., 2002b) and ocean currents (Hochuli et al.,
1999) have been postulated as the main causes for OAEs. The burial of organic carbon by
increased marine primary production and enhanced preservation in dysoxic to anoxic water
column conditions functions as a biological feed-back mechanism during high atmospheric
CO2 pressures and greenhouse climate conditions in the Cretaceous (Kuypers et al., 1999).
1.2

Negative δ13C excursions and conceptual models

Although Mesozoic sediments recording OAEs typically display positive carbon
isotope excursions, bulk inorganic and organic carbon isotope records of the Toarcian and
Early Aptian OAEs commonly also show a relatively rapid negative shift, which appears to be
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worldwide and therefore must indicate a perturbation of the global carbon cycle (Fig. 1.2).
Several mechanisms have been proposed to explain these negative δ13C excursions (Fig. 1.2):
1. Recycling of respired CO2 in stratified seas (Küspert, 1982; Schouten et al., 2000);
2. Massive release of methane from gas hydrates (Dickens et al., 1995; Hesselbo et al.,
2000; Kemp et al., 2005);
3. Thermal release of methane from organic carbon-rich strata by intruded magmas
(Svensen et al., 2004; McElwain et al., 2005);
4. Combustion of terrestrial carbon deposits accumulated in swamps (Kurtz et al.,
2003);
5. Asteroid or comet impacts (Glikson, 2005).
The discussion in literature regarding these theoretical perturbation mechanisms along with
scientific observations is summarized in the following paragraphs.
1.2.1

Recycling of respired CO2 in stratified seas.
Recycling of respired CO2 was first proposed for the Toarcian OAE by Küspert (1982)
in order to explain the negative excursion in the stable carbon isotope record of marine
organic carbon observed in sediments from several European sites. According to this model,
anoxia during the Early Jurassic of Europe would have developed in a shallow epicontinental
sea due to low exchange rate with the open ocean (Röhl et al., 2001). Dissolved CO2 derived
from oxidized organic material accumulated in the anoxic bottom water as a consequence of
the stratification of the water column. This 13C-depleted CO2 would have been available for
photoautotrophic synthesis by upward diffusion or through mixing events and, when
assimilated or used in calcification processes, resulted in more depleted organic material and
carbonate than under normal circumstances, i.e., a well-mixed water column in equilibrium
with atmospheric CO2. During prolonged stratification conditions, such phenomena can lead
to a negative δ13C excursion in phytoplankton carbon that is subsequently preserved in the
sediment (Fig. 1.3).
Stable carbon isotope studies in contemporary stratified lakes (e.g., Quay et al., 1986;
Wachniew and Rozanski, 1997) and confined marine basins (e.g., Fry et al., 1991; Velinsky
and Fogel, 1999) confirm that dissolved inorganic carbon (DIC) can be considerably 13Cdepleted beneath the oxy-cline. Although exceptionally low δ13C values were reported for
organic material in stratified lakes (Rau, 1978; Fry, 1986; Bernasconi and Hanselmann, 1995)
and in a fjord (Velinsky and Fogel, 1999), no direct evidence for the assimilation of the
respired CO2 is available. The recycling model is the only theory to date that could explain
negative δ13C excursions, on the proviso that the latter are only locally documented.
Models for release of 13C-depleted carbon in the atmosphere
Negative δ13C excursions have also been reported in organic carbon records of
terrigenous origin, both in Toarcian (Hesselbo et al., 2000) and Aptian sections (Jahren et al.,
2001; Gröcke, 2002) (Fig. 1.4) suggesting a shift in the 13C-content of atmospheric CO2. As
this cannot be explained by the recycling of respired CO2, other mechanisms (e.g., see above)
must account for the negative δ13C shifts observed in both marine and atmospheric CO2.
Proposed 13C-depleted carbon sources include spontaneous combustion of terrestrial organic
carbon reservoirs (e.g., peat and soils; Kurtz et al., 2003), thermal metamorphism of organicrich sedimentary successions by magmatic intrusions (McElwain et al., 2005), and
1.2.2
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destabilization of submarine gas hydrates (Hesselbo et al., 2000). The latter mechanism has
already enjoyed considerable support in the case of the paleoenvironmental event represented
by the Paleocene-Eocene thermal maximum (PETM; Dickens et al., 1995) (Fig. 1.1) and
constitutes a feasible explanation for both the Toarcian and Aptian negative δ13C excursions
(Hesselbo et al., 2000).
Proposed trigger mechanisms for methane release derived from submarine gas
hydrates include the action of warm, bottom-water currents (Hesselbo et al., 2000; Jenkyns,
2003), tectonic uplift of the ocean floor (Jahren et al., 2005) and/or astronomically-driven
processes (Fig 1.2). These mechanisms however, frequently come into conflict with available
geological and geochemical evidence. For example, tectonic uplift constitutes the most
feasible alternative that is compatible with low pCO2 and thus cooler climates during the
initial negative δ13C shift (McElwain et al., 2005). On the other hand, observed step-wise
patterns of the negative δ13C shift during the Early Toarcian OAE have been interpreted as a
result of astronomically-forced pulses of methane release from gas hydrates (Kemp et al.,
2005).
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Figure 1.3. Schematic diagram illustrating the
concept of recycling of respired CO2 according to
the model of Küspert et al. (1982).

Sediment

The methane present in gas hydrates originates largely from microbial methanogenesis
(Kvenvolden, 1988) and has a δ13C value in the order of –60‰ to –70‰ (Milkov, 2005). On
the basis of simple mass-balance equations, 1.5×1018 to 2.7×1018 g carbon (with a δ13C value
of –60‰) could cause a 2‰ to 3.5‰ negative shift in atmospheric δ13C-CO2 (Hesselbo et al.,
2000). In addition, ca. 2.5×1018 g of carbon must have been incorporated in the atmosphere in
order to account for the increase in pCO2 as estimated by stomatal density of fossil leaves
(McElwain et al., 2005). The most recent estimate of the sub-marine gas-hydrate methane
capacity is in the order of 0.5-2.5×1018 g methane carbon (Milkov, 2004), which in itself
implies that methane release from gas-hydrates alone is unlikely to be the sole explanation of
the magnitude of the negative δ13C excursion.
Recently, an asteroid/comet impact was implicated in the generation of the negative
13
δ C excursion during the PETM (Kent et al., 2003; Cramer and Kent, 2005), whilst similar
catastrophic events have been postulated for the Aptian as well (Glikson, 2005). Apart from
being a possible source for 13C-depleted carbon, an asteroid impact could also be a major
cause for methane release from gas hydrates and combustion of terrestrial carbon upon impact
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(Cramer and Kent, 2005); this possibility, however, has not been further investigated for the
Aptian and Toarcian OAEs.
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Figure 1.4. Examples of negative δ13C excursion in terrestrial organic carbon records of (a) Aptian (OAE-1a)
section from Cordillera Oriental of the Colombian Andes (South America) (Jahren et al., 2001) and (b) Toarcian
section of the lower Whitby Mudstone, Hawsker Bottoms, Yorkshire (Hesselbo et al., 2000)

1.3

Paleoenvironmental reconstruction using biomarkers and compound specific
carbon isotope ratios

Bulk stable carbon isotope ratios have been widely used in paleoenvironmental
reconstructions, including the reconstruction of negative isotope shifts during OAEs, but have
to be interpreted cautiously. Compositional changes (e.g., diagenesis, vital effects, selective
preservation) commonly alter the bulk stable carbon isotope ratios of either carbonate and/or
organic carbon. With respect to the latter case, for example, a shift in species composition can
occur when environmental circumstances (e.g., nutrient supply) change. If these species have
a different carbon acquisition pathway, the δ13C signature of the total organic material can be
significantly affected, even though the δ13C of dissolved CO2 might not have changed. A shift
from a largely algal to a largely archaeal microbial community in the Tethyan region during
the Albian oceanic anoxic event (OAE-1b) illustrates that such a situation can cause a 2‰ to
3‰ positive δ13C shift in bulk organic carbon (Kuypers et al., 2002a; Tsikos et al., 2004).
Enhanced preservation of carbohydrates in the Upper Jurassic Kimmeridge Clay Formation is
another mechanism that has apparently caused a positive δ13C shift in bulk organic matter by
up to 4‰ (van Dongen, 2003). In theory, a compound-specific approach would eliminate the
problems posed by bulk isotopic records. Nevertheless, only a few studies have hitherto
employed a compound-specific isotopic approach for the Toarcian and Aptian OAEs, that can
firmly attest whether the negative δ13C excursions observed are indeed an authentic
environmental signal of marine/atmospheric CO2 (Schouten et al., 2000; Heimhofer et al.,
2004).
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Compounds usually analyzed by molecular techniques are generally fossil membrane
lipids or carotenoids, i.e., remains of planktonic algae, bacteria and archaea that are well
preserved in the sediment (Peters and Moldowan, 1993; de Leeuw et al., 1995). Some lipids
(and their fossil counterparts) are very specific on the family or even the species level, while
others such as steroids and hopanoids are indicative of broader classes (algal and bacterial,
respectively). Nevertheless, the δ13C of a general algal lipid, such as cholesterol or its fossil
derivative cholestane, still holds more specific information than does that of the bulk organic
carbon. This is especially the case when bulk organic matter contains a substantial component
of terrigenous derivation (which has a different 13C as marine organic matter) or variable
relative enrichments between different cell compound-classes. When a terrigenous signal is
present in the bulk organic carbon, the δ13C record of a terrigenous biomarker can be directly
correlated with that of a marine biomarker, and consequently the δ13C of marine CO2 with
that of atmospheric CO2.
Some organisms, such as photosynthetic green sulfur bacteria (GSB), are indicative of
a unique environmental niche. GSB live under euxinic conditions within the photic zone,
requiring both light and sulfide for their metabolism. The carotenoid isorenieratene is an
unambiguous biomarker for GSB, and thus for photic zone anoxia, as it has not been observed
in any other organism (Imhoff, 1995). The diagenetic product of isorenieratene, i.e.,
isorenieratane, has been found in sediments deposited in epicontinental seas of the Toarcian
OAE (Schouten et al., 2000) and even in sediments of abyssal Atlantic Ocean of the
Cenomanian-Turonian OAE-2 (Sinninghe Damsté and Köster, 1998). The presence of
isorenieratane is often taken in support of recycling of respired CO2 (Schouten et al., 2000;
Schwark and Frimmel, 2004). Isorenieratane has not been reported in the Early Aptian black
shales although isobutyl maleimide, also diagnostic for GSB, has been found at limited sites
(Pancost et al., 2004).
1.4

Scope and framework of the thesis

The main aim of the thesis is to provide constraints on the mechanisms behind the
negative carbon isotope anomalies recorded in sediments during the OAEs of the Toarcian
and Aptian. To this end, the thesis can be subdivided into two parts: The first part (chapters 2,
3 and 4) focuses on a two-year long field study on a Norwegian fjord which represents a
modern-day analogue of a bygone stratified epicontinental sea. This fjord was chosen for the
in situ assessment of models involving recycling of respired CO2 and their possible
application to Toarcian and Aptian depositional palaeoenvironments. Chapters 2, 3 and 4
collectively entail a combination of field studies and rigorous, bulk- and compound-specific
laboratory investigations on dissolved inorganic carbon and organic matter from the ambient
water. These results are then used in part 2 (chapters 5, 6 and 7) which is dedicated to bulk
and compound-specific stable carbon isotope studies of ancient sediments deposited during
the Toarcian OAE and Aptian OAE-1a. Respective studied sections exhibit a prominent
negative δ13C excursion in both bulk carbonate and organic carbon.
In chapters 2 and 3, the requirements of the recycling model were assessed, namely
the accumulation of respired CO2 and the mixing of the 13C-depleted CO2 into the oxygenated
surface water. A high concentration of extremely 13C-depleted dissolved inorganic carbon
(DIC) below the chemocline of the fjord was evident, and is ascribed to the accumulation of
organic carbon-derived CO2. The seasonal variation in the concentration and δ13C values of
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the DIC in the oxygenated photic zone of the fjord indicates that the upper water column is
mixed by seasonal storms, making the respired CO2 available to algae especially in autumn
and early spring. The lack of co-variance between the δ13CDIC values and δ13C values of the
surface water particulate organic matter (POM) is attributed to a highly variable contribution
of different organisms to the POM. However, compound-specific δ13C values of biolipids
specific to algal classes do not co-vary with the amount of respired CO2 available. Moreover,
all taxon-specific, biological carbon isotope fractionation (εp) values have a very similar
seasonal trend. On these grounds, it is proposed that a common environmental factor must be
responsible for the discrepancy between measured δ13C values of algal lipids and the respired
CO2 contribution. It is suggested that this common factor might be the accumulation of
nutrients below the chemocline, which became available at the same time as respired CO2
during water column mixing. In conclusion, the study in the Norwegian fjord suggests that
recycling of respired CO2 is not a likely cause for large negative δ13C excursions.
In chapter 4, it was observed that the δ13C values of the characteristic carotenoid of
GSB (isorenieratene) residing at the chemocline of the fjord, co-vary particularly well with
the δ13C values of CO2, in marked contrast with those of algal lipids. Accordingly, the εp for
isorenieratene is rather constant and can be employed to determine the δ13C value of dissolved
CO2 at the chemocline, at the time of deposition. By using the δ13C values of (fossil)
isorenieratene, total organic carbon and carbonate, the contribution of the respired CO2 at the
chemocline can be estimated. This proxy for chemocline δ13C values is then used to evaluate
the potential of recycling of respired CO2 during deposition, and is described not only in
chapter 4 but, more specifically for the Toarcian OAE, in chapter 5 as well. The results
indicate that the δ13C of CO2 at the chemocline is often influenced by isotopically light CO2,
formed by re-mineralization of organic matter.
Chapter 5 constitutes a compound-specific carbon isotope study on Toarcian
sediments deposited in an epicontinental sea (Paris Basin, France). A prominent negative δ13C
excursion is evident in both organic carbon and an algal biomarker. Isorenieratane is observed
throughout the section recording the OAE, but could not be measured in samples below the
negative excursion in bulk OC due to its very low concentration. The low concentration of
isorenieratane coincidental with the negative δ13C-shift and the estimated contribution of
respired CO2 at the chemocline in the immediately overlying section, are strong indications
that recycling of respired CO2 is not the main cause of the Toarcian negative δ13C excursion.
In chapters 6 and 7, the negative δ13C excursions in two sections of the Aptian OAE1a from Cismon, Italy (Tethys) and the Mid-Pacific Mountains (DSDP Site 463) were studied
using molecular techniques. The biomarker studies on both these sections indicate that the
source of the organic carbon changed from allochthonous to autochthonous around the same
time with the development of the negative δ13C shift. Nevertheless, a comparable negative
carbon isotope shift of ca. 4‰ was observed in a marine algal and a terrigenous biomarker
record, indicating a perturbation of the global carbon cycle. The terrigenous record confirms
earlier findings of negative excursions in fossil wood and cuticles (Jahren et al., 2001; Ando
et al., 2002) and makes a strong case for hypotheses that support a source that injects 13Cdepleted carbon in the atmosphere and the surface ocean. Hence, although the intensity and/or
duration of ocean stratification seem to be different between the Toarcian and Aptian OAEs
(as indicated by the scarce findings of GSB markers in the Aptian sediments) biomarker
studies of the investigated sites indicate a mechanism other than recycling of respired CO2. It
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is not possible from these results however, to constrain exactly which of the other hypotheses
is most applicable in either case.
In chapter 7, the widespread presence of nitrogen-fixing cyanobacteria during OAE-1a
is indicated by a high contribution of molecular fossils of cyanobacterial membrane lipids to
the extractable organic carbon of both organic-rich sections. Similar high cyanobacterial
biomarkers were found in the C/T OAE-2 section of four proto-North Atlantic sites. These
findings, in combination with a documented 15N-depletion from both OAEs (typical for newly
fixed nitrogen), indicate that N2-fixation supplied an important part of nutrient N for primary
production during the Aptian and the C/T OAE alike. These circumstances indicate that longterm stratification must have characterized early Aptian depositional environments even
though there is very little molecular evidence for photic-zone anoxia at that time.
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Abstract - A negative carbon isotope shift in sedimentary organic carbon deposited in
stratified marine and lacustrine systems has often been inferred to be a consequence of the
process of recycling of respired and, therefore, 13C-depleted, dissolved inorganic carbon
(DIC) formed from mineralization of descending organic matter (OM). To study this process,
we measured δ13CDIC and δ13C of particulate organic carbon (POC) over an annual cycle in
the permanently stratified Kyllaren fjord in Norway. A notable accumulation of respired DIC
below the chemocline was evident from the substantially 13C-depleted DIC (ca. –19‰).
Especially in autumn to early spring, respired DIC from the deep anoxic water is mixed into
the oxygenated surface water of Kyllaren fjord and the calculated respired DIC contribution to
the total DIC pool was up to 40% in early spring in the upper 2 m of the water column. At 4
m depth, just below the chemocline, the respired DIC contribution reaches ca. 90% of the
total DIC pool. Assimilation of the respired DIC seems to exert only a small effect on
δ13CPOC, which has an average δ13C of –24‰. The measured photoautotrophic fractionation εp
was low (<10‰) during the majority of the year. This is likely responsible for reducing the
apparent impact of recycling of respired DIC on δ13CPOC. However, in June 2002,
photoautotrophic use of the 13C-depleted DIC is obvious from a 13C-depletion of POC (–
33.7‰) derived from a bloom of the protist Euglena sp.
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2.1

Introduction

The present day oceans are well mixed by thermohaline driven ocean currents, the socalled ocean conveyor belt. However, during past “oceanic anoxic events” (OAE; Schlanger
and Jenkyns, 1976) larger parts of the ancient oceans were stratified, likely due to plate
tectonics (Pletsch et al., 2000; Poulsen et al., 2001). Sediments deposited during such OAEs
are often characterized by distinct lamination, good preservation of organic matter (OM), low
abundance or absence of benthic formaminifera and 13C-enriched organic carbon and
carbonate (Arthur et al., 1990). The latter arises as a result of enhanced OM burial rates in
anoxic water columns and sediments and, thus, removal of 13C-depleted OM from the ocean
and atmosphere. However, during the Toarcian OAE and Aptian OAE-1a, carbonate and
organic carbon also exhibit negative carbon isotope excursions, occurring in strata
immediately preceding the positive excursions often at the base of the black shales (Menegatti
et al., 1998). This negative isotope excursion has been attributed to the massive release of
13
C-depleted methane from gas hydrates (Hesselbo et al., 2000), analogous to the model
proposed for a similar isotopic shift at the Late Paleocene Thermal Maximum (Dickens et al.,
1995).
Küspert (1982) explained such a negative isotope excursion in a different way.
According to his model, 13C-depleted OM is oxidized while sinking to bottom waters and 13Cdepleted dissolved inorganic carbon (DIC) accumulates in the bottom waters. When this deep
water DIC escapes to the photic zone by convection or diffusion, it is utilized by the plankton
for calcification processes or photosynthesis (Fig. 2.1a). Long-lasting stratification and
recycling of the respired CO2 may thus result in a decrease in δ13C of organic carbon and
carbonate in the sediment (Küspert, 1982; Schouten et al., 2000).
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Figure 2.1. (a) Model proposed by Küspert (1982) to explain negative δ13C excursion in sediments deposited
during the Toarcian OAE and (b) model proposed by Hollander and Smith (2001) to explain negative trends in
the δ13C of sedimentary organic carbon in stratified lakes.

Evidence that this process of recycling of respired CO2 can effect the 13C content of
DIC has come from stable isotope studies of meromictic and monomictic lakes (Deevey et al.,
1963; Deevey and Stuiver, 1964; Rau, 1978; Quay et al., 1986; Bernasconi and Hanselmann,
1995; Wachniew and Rózanski, 1997). 13C-depleted values for DIC ranging from –4‰ up to
values as low as –22‰ were reported. The lowest δ13CDIC values were observed in the anoxic
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bottom water (hypolimnion) where organic matter is oxidized. Moreover, the DIC in the
epilimnion of such systems is 13C-depleted (δ13CDIC is –4‰ to –10‰) compared to global
surface ocean δ13CDIC in equilibrium with the atmosphere (+2‰ to –0.5‰; Kroopnick, 1985).
Consistent with the 13C-depleted DIC, δ13C of particulate organic carbon (POC) in these
systems is also substantially depleted ranging from –41.5‰ to –47‰ (Rau, 1978; Fry, 1986;
Bernasconi and Hanselmann, 1995). Hollander and Smith (2001) noted a trend towards more
depleted δ13C of sedimentary organic and inorganic carbon due to intensified eutrophication
in two stratified lakes. Their model explaining the negative trends in the δ13C of sedimentary
organic carbon is comparable to that of Küspert (1982), with an expansion of seasonallydriven water column overturn in combination with an important bacterial contribution to the
total sedimentary carbon pool (Fig. 2.1b).
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Figure 2.2. Geographic setting of Kyllaren fjord,
Norway. It lies approximately at 61°25’ N and
5°10’ E (after, Smittenberg et al., 2004).

In contrast to lake systems, stratified marine systems have been less well studied with
respect to recycling of respired DIC. Permanently stratified marine systems are confined to
relatively small (semi) enclosed basins, generally with a narrow connection and/or a shallow
sill to the open ocean, thereby restricting water circulation. In the Black Sea, the world’s
largest anoxic basin (Murray et al., 1991), a sharp decrease in δ13CDIC between 40 and 60 m
depth and a more gradual decrease until ca. –6‰ below 1000 m depth is ascribed to
remineralization of organic matter (Fry et al., 1991; Volkov, 2000). However, δ13C of POC
and of biolipids in the water column and δ13C of TOC and lipids in the sediment do not reveal
use of the respired DIC by photoautotrophs (Freeman et al., 1994). Other examples of
oxygen-deficient marine waters are found in many threshold fjords (Richards, 1965; Syvitski
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et al., 1987; Paetzel and Schrader, 1995). For example, Velinsky and Fogel (1999) measured
isotopic compositions of DIC and POC in Framvaren fjord, Norway, ranging from –2‰ to –
20‰ and –23‰ to –32‰, respectively, suggesting a strong impact of recycling of CO2.
In order to determine the significance of recycling of respired DIC in the photic zone
and its impact on δ13C of POC in stratified marine systems, we performed a seasonal study of
stable carbon isotope ratios of DIC and POC in different water layers of a stratified fjord
(Kyllaren) in Norway. This small, permanently anoxic fjord seems to be suitable as a model
for the study of the effects of respired CO2 on the isotopic composition of OM, since the
presence of 13C-depleted lipids of green and purple sulfur bacteria in the surface sediment
indicate the prominence of this process (Smittenberg et al., 2004). The results are interpreted
in the context of the carbon cycle models presented above and the potential consequences for
the carbon isotopic composition of sedimentary organic carbon.
2.2

Experimental

2.2.1

Site description
Kyllaren fjord is a small, 29 m deep fjord on the west coast of Norway (62°N, 5°E),
connected with the Norwegian Sea by a narrow, 1-2 m deep channel (Fig. 2.2). Precipitation
and river run-off establish a low salinity surface layer, and permanent salinity stratification
has developed in the fjord at least since 1993. In 1954, a 50 m dam with a ca. 5 m opening
was built in the Leira and fish disappeared on the North side of the dam. In 1988, a 450 m
long dam was built in Askvika with two openings of 15 m. Since the narrowing of the
channel, anoxia gradually built up in bottom waters until a release of hydrogen sulfide to the
atmosphere was first observed in 1993, indicating that the chemocline had risen to the surface
water. The conditions for the Küspert model are met by the permanent position of the
chemocline just below, or even in, the photic zone.
2.2.2

Sampling
Water samples for DIC concentration ([DIC]), stable carbon isotope ratio of DIC
(δ13CDIC), POC concentration ([POC]) and stable carbon isotope ratios of POC (δ13CPOC) were
taken at a fixed sample position in Kyllaren fjord at the depocentre (28 m water depth), except
for the sampling in February 2003. At this time, ice covered about 70% of the fjord and the
regular sample position could not be reached. Instead, samples were taken at a position closer
to the south-east coast at a water depth of 22.5 m (Fig. 2.2). Duplicate water samples were
taken with a 2 l Niskin bottle from the water column at 0 m (surface), 2 m, 4 m, 6 m, 8 m, 10
m, 15 m, 20 m and 25 m depth for [DIC] and δ13CDIC measurements. Only single [DIC]
measurements were done for surface and 2 m depth in April 2002. No samples were taken at 2
and 8 m depth for [POC] and δ13CPOC in September 2002. In February 2003 DIC and POC
samples were taken at different depths: 0.5 m, 2 m, 4 m, 6 m, 8 m, 10 m, 15 m and 20 m
depth.
Temperatures were measured with a thermometer inside the Niskin bottle or in situ
with YSI 85 equipment. Salinity was measured with STD/CTD model SD204, manufacturer
SAIV A/S Environmental Sensors & Systems (optional sensor unit 106) or with YSI 85
equipment, whilst oxygen was measured with STD/CTD model SD204. pH was measured in
situ or in the laboratory directly after the fieldwork with a GK2401C Radiometer Electrode.
Samples for hydrogen sulfide concentration ([HS¯]) were taken in June 2002 (single samples),
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August 2002 and April 2003 (duplicate samples). A sediment core was taken in September
2002 using a gravity corer and the upper 17 cm was sampled every 0.5 cm for TOC and bulk
organic δ13C.
Water samples for [DIC] were filtered over 0.2 μm acrodisc filters into 3 ml vials and
the vials were sealed air-free and transported to the laboratory. Samples for δ13CDIC were
taken according to the DOE Handbook of Methods (DOE, 1996). Briefly, 100 ml glass bottles
were filled to the neck with sample water; 20 μl of a saturated HgCl solution was added and
the bottle was filled up and closed free from air with a butyl rubber cap. In the samples
containing HS¯, 20 μl of saturated FeCl2 was added to precipitate the sulfide, before the HgCl
solution was added. Samples for [HS¯] were taken as for the [DIC] samples, with 20 μl of a 1
N NaOH solution added to the empty vial in advance. The water samples were stored cool and
in the dark until analysis.
For [POC] and δ13CPOC determinations, water was pumped into a 20 l pressure tank
with a 12V car-battery operated pump. Two separate batches of 10 l of water were filtered
over pre-combusted (400°C) 0.7 μm glass fiber filters in a 150 mm in-line filter-holder. The
filters were packed in aluminum foil and kept frozen in the dark. Before analysis they were
freeze-dried.
2.2.3

Analyses
DIC concentration, sulfide concentration and δ13CDIC were usually measured within
two weeks after sampling. [DIC] and [HS¯] analyses were run as described by Stoll et al.
(2001) on a Technicon Traacs 800 autoanalyzer. δ13CDIC values were determined by
headspace analysis of 0.5-2 ml (depending on [DIC]) of water which had reacted with 100%
H3PO4 for at least 1 h at room temperature. The headspace was analyzed using a
Thermofinnigan Gas Bench II coupled to a DeltaPLUS irm/MS system. Stable carbon isotope
ratios were determined relative to lab. standards calibrated against NBS-18 carbonate (IAEA)
and reported relative to Vienna Pee Dee Belemnite (VPDB) in standard delta notation. For
[POC] and δ13CPOC analyses, circles of 6-56 mm2 (depending on the [POC]) were punched out
of the filters and folded into tin cups. The filters were measured without further treatment, as
tests had shown that inorganic carbon did not contribute to the carbon pool on the filter.
Sediment samples were freeze-dried and decarbonated with 1 N HCl solution and
subsequently washed with demineralized water. [POC], δ13CPOC and sedimentary TOC and
δ13CTOC were determined by elemental analysis (EA)/isotope-ratio-monitoring mass
spectrometry (EA/irmMS). EA/irmMS analysis was performed with filtered OM using a
Carlo Erba Flash elemental analyzer coupled to a Thermofinnigan DeltaPLUS irmMS system.
The total organic carbon content (as weight percentage) was determined using external
standards with known carbon content and corrected with a blank filter folded in a tin cup.
Stable carbon isotope ratios were determined using lab. standards calibrated on NBS-22 oil
(IAEA) and reported relative to VPDB in standard delta notation.
Standard deviations for δ13CDIC were generally between 0.1‰ and 0.6‰ (average
0.3‰). The standard deviations of the [DIC] and [HS¯] duplicates, expressed as a percentage
of the average value, were generally <8%. The sometimes rather large standard deviations of
[POC] (1-46%, average 11%) and δ13CPOC (0.1-2.1‰, average 0.6‰) could be explained by
the heterogeneity of the OM and its uneven distribution on the filter.
The [CO2(aq)] was calculated from [DIC], pH, salinity, depth and temperature with a
CO2 speciation program (Stoll, 1994).
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2.3

Results

In the surface layer to 4–5 m depth, a density (σt) less than 16 is maintained
throughout the year in Kyllaren fjord, while a σt of 18 to 20 prevails in the deeper water (Fig.
2.3). The oxygen concentration decreases rapidly from 7–14 mg l-1 to 0 mg l-1 between 2 and
6 m depth, while the sulfide concentration increases sharply to ~5 mmol l-1. The position of
the O2/HS¯-interface (chemocline) is usually around 3.5 m depth but moved up to 0.5 m
depth in the spring of 2001, and to 2 m depth in the winter of 2003. In winter/spring of 2002
the chemocline did not move from its regular position just above 4 m depth (Fig. 2.3). Periods
of sulfide out-gassing occurred in March 1994, February 1996, March 2000 and in February
2003. After a period of H2S outgassing in April 2003 (Julian day 580), [HS¯] increased more
gradually between 2 and 20 m depth and the maximum value was lower (3.7 mmol l-1) than
the ca. 5 mmol l-1 measured in the summer of 2002.
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Figure 2.3. Density contours (σt) and the O2/HS¯ interface in Kyllaren fjord through the seasons of March
2001–March 2003. Julian day 0 is set to August 20, 2001.

The [DIC] increased with a sharp gradient from ~1 mmol l-1 in the surface waters to
~11 mmol l-1 at 6 m depth (Fig. 2.4a). Interestingly, in February 2003 (Julian day 536), when
the chemocline rose to a depth between 1.5 and 2 m, [DIC] at 2 m depth was about four times
higher than in other seasons, whilst the maximum [DIC] in deeper water at that time dropped
to 9.6 mmol l-1 (Fig. 2.5a). In April 2003 (Julian day 583) maximum [DIC] below the
chemocline was again 9.6 mmol l-1, but the [DIC] at 2 m depth decreased to 1.8 mmol l-1 (Fig.
2.4a). The δ13CDIC below 6 m depth is constant at –19.0 ± 0.5‰ throughout the year (Figs.
2.4b and 2.5b). Above the chemocline δ13C varied on a seasonal basis from +0.3‰ in June
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2002 to –6.5‰ in April 2003 (Figs. 2.4c and 2.5b). At 2 m depth the variation in δ13CDIC was
greatest, i.e., 15‰, with a –15‰ minimum value in February 2003, when the water at 2 m
depth was euxinic (Fig. 2.5b).
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[POC] generally fluctuated between 35 and 260 mg OC l-1, with maximum
concentrations at 2–4 m depth. The highest [POC] of 1600 mg OC l-1 was reached in June
2002 during a bloom of the protist Euglena sp. at 4 m depth (Fig. 2.4c); microscopy indicated
that the POC was largely derived from the Euglena species. Deep water δ13CPOC (6-25 m
depth) varied little with depth (±2‰) and in a seasonal cycle from –23.5‰ to –33.4‰, with
the lowest values in the summer of 2001 and 2002, i.e., Julian day 1 and 283. At 4 m depth
δ13CPOC varied in similar fashion to the δ13CPOC of the deeper waters, with a minimum of –
33.7‰ in June 2002, at the time of the Euglena bloom and a maximum of –22.8‰ in October
2002 (Figs. 2.4d and Fig. 2.5c). The δ13CPOC exhibited a different seasonal cycle in the surface
water and values range between –19‰ (Julian days 348 and 419) and –27‰ (Julian days 527
and 583; Fig. 2.5c).
In the sediment core, three facies could be distinguished: OM-rich fluff (0-3 cm),
black mud (3-13.5 cm) and olive-green mud (13.5-40 cm). δ13CTOC varies between –25.0‰ to
–25.5‰ in the olive-green mud (13.5-17 cm), –25.4‰ to –26.7‰ in the black mud and –
25.8‰ to –26.2‰ in the upper 3 cm (Fig. 2.6). According to the age model of Smittenberg et
al. (2004), sediments at 4 to 5.5 cm depth with the most negative δ13CTOC (–26.7‰) were
deposited around the time that a 50 m dam was built in the Leira (Fig. 2.2). The
intensification of anoxia in Kyllaren fjord, since the building of the dams in 1954 and 1988, is
recorded in the upper 5 cm of the sediment core (Smittenberg et al., 2004).
2.4

Discussion

2.4.1

Respiration of organic matter as a source for DIC
Due to density stratification throughout the year, two chemically distinct water layers
are prevalent in the fjord. The low salinity (i.e., <16‰) surface waters (0-3.5 m) contains
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oxygen for the largest part of the year. Directly below the chemocline the water has high
sulfide and DIC concentrations of up to 5 and 11 mmol l-1, respectively, and a simultaneous
drop in δ13CDIC to constant values of ca. –19‰. This pattern of increasing DIC concentration
with depth, coupled with decreasing δ13CDIC values, was also reported for the Black Sea (Fry
et al., 1991), Framvaren Fjord (Velinsky and Fogel, 1999) and several meromictic lakes
(Deevey et al., 1963; Rau, 1978). This indicates that respiration of OM substantially
contributes to the DIC pool in Kyllaren fjord.
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The δ13C values of the primary OM and the contribution of respired DIC to the total
bottom water DIC can be calculated using mass balance equations as reported by Fry et al.
(1991).
δ 13C D × [ D] = δ 13C atm × [ DIC atm ] + δ 13C resp × ([ D] − [ DIC atm ])

(

)

δ 13 C D = δ 13 C atm − δ 13 C resp ⋅ [ DIC atm ] ×

(2.1)

1
+ δ 13 C resp
[ D]

(2.2)

With D = measured DIC, Catm = DIC in equilibrium with atmospheric CO2 and Cresp =
respired carbon. A linear plot of measured δ13C vs. [DIC]-1 provides the δ13C of respired
carbon added at depth as the y-intercept (~–20 ‰; Fig. 2.7). This δ13C value is comparable
with the average δ13CPOC in the surface water (–22 ± 3‰) of the fjord, confirming the idea
that a large part of the DIC is derived from mineralized OM. The small 13C enrichment in
respired DIC compared to POC could be due to fractionation during the mineralization
process. In an experiment with marine copepods grazing on algae, Klein Breteler et al. (2002)
found an 0.8‰ enrichment in respired CO2 relative to the isotopic composition of the food.
The contribution of respired DIC to the DIC pool in the bottom water (6–25 m depth) is ca.
95%, assuming that δ13CDIC derived from atmospheric CO2 has a value of ~1‰ (Fry et al.,
1991). This notable accumulation of respired CO2 in the bottom water fulfills one of the main
prerequisites for the respired carbon recycling model proposed by Küspert (1982).
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Another requirement for the Küspert model is that the respired CO2 will become
available for photoautotrophic organisms at and above the chemocline. In early summer 2002,
δ13CDIC values are close to 0‰ at 0 and 2 m depth in Kyllaren fjord, within the range of the
global surface ocean variation (+2‰ to –0.5‰; Kroopnick, 1985). However, the more 13C-
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depleted DIC in the oxygenated surface water in autumn to early spring suggests a
contribution of respired DIC coming from the bottom water. Using the mass-balance equation
(Eq. 2.1), this contribution is calculated to be ~5% in the summer, and up to ~40% in April
2003 (Julian day 583). Storms are prevalent in the months October–March (DNMI, 1997) and
are likely to be responsible for the 10-20% respired DIC contribution observed in the autumn
of 2001 and 2002. The high respired DIC contribution in April 2003 is probably due to the ice
cover that developed in February 2003 (Fig. 2.5b). Density stratification was weakened by
cooling and salt exclusion and the chemocline rose to less than 2 m depth (Fig. 2.3).
Curiously, no shoaling of the chemocline occurred in the winter of 2002 (Fig. 2.3), even
though ice covered the fjord until March 2002 (interrupted by periods of thawing).
Accordingly, no mixing was evident from δ13CDIC values in April 2002 (Julian day 238).
The largest δ13CDIC variations occur close to the location of the chemocline, at 4 m
depth. This water mixes freely with the anoxic bottom waters during most of the year and the
DIC available to anaerobic photosynthesis is for 90% derived from respired DIC. Even in
June 2002 (Julian day 283), when the chemocline moved below 4 m depth, the respired DIC
contribution was still ~20%. The substantially 13C-depleted DIC in the surface waters
available for photosynthesis during certain periods in the annual cycle, indicates the potential
for recycling of respired DIC in Kyllaren fjord.
2.4.2

Impact of respired DIC on the stable carbon isotopic composition of POC
The stable carbon isotopic composition of POC at 0 and 2 m depth, where POC is
likely to be derived predominantly from phytoplankton, varies between –19‰ and –27‰.
These values do not immediately suggest the respired CO2 as a major contributor to inorganic
carbon fixed by photoautotrophs, when compared with the 13C content generally found for
surface ocean OM derived from phytoplankton (ca. –18‰ to –24‰) (Tyson, 1995). However,
the δ13CPOC is to a large extent also dependent on the isotopic fractionation during
photosynthesis (Descolas-Gros and Fontagne, 1990). The photoautotrophic carbon isotope
fractionation, εp (POC vs. CO2), in Kyllaren fjord was calculated using the following
equation:
⎛ ⎛ 1000 + δ 13C CO
2
ε p = ⎜⎜
⎜ ⎜ 1000 + δ 13C POC
⎝⎝

⎞ ⎞
⎟ − 1⎟ × 1000
⎟ ⎟
⎠ ⎠

(2.3)

The calculated εp ranges from 6‰ to 17‰ at 0 and 2 m depth (Fig. 2.5d), a
substantially larger range than that observed for δ13CDIC in surface waters (1‰ to –8‰).
Notably, εp is smaller than 10‰ during late summer to winter, when the respired DIC
contribution increases; εp is relatively small compared with the maximum fractionation
associated with Rubisco for marine photosynthetic algae (ca. 25‰; Sharkey and Berry, 1985;
Popp et al., 1998; Riebesell et al., 2000). This explains why δ13CPOC is not as negative as we
would suspect from the availability of respired DIC.
One of the factors that could lead to a small εp in Kyllaren fjord is a low CO2
concentration. An inverse relationship between εp (POC vs. CO2) and [CO2(aq)]-1 should exist
if [CO2(aq)] is the dominant factor in controlling photosynthetic fractionation (Farquhar et al.,
1982; Rau et al., 1992; Francois et al., 1993), especially in the case of low concentrations of
CO2 (i.e., <20 μM; Francois et al., 1993; Riebesell et al., 2000). The calculated [CO2(aq)] in
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the fjord varies between 1 and 300 μM in the surface waters (not taking into account February
2003 when the chemocline rose to 2 m depth). We calculated δ13CCO2(aq) (Mook et al., 1974)
for the upper two meters of Kyllaren fjord and observed a variation from –9‰ to –18‰. The
lack of correlation in the plot εp versus [CO2]-1 (Fig. 2.8), suggests that [CO2] is not the main
factor controlling εp. More likely, variations in calculated εp values, and thereby δ13CPOC
variations are mainly determined by the heterogeneity of particulate OM, i.e., from multiple
planktonic sources (e.g., diatoms, cyanobacteria, green algae), all with their own 13C
fractionation patterns (Popp et al., 1998) and contributing in varying amounts to POC. In
cases were εp is small (<10‰) compared to values normally associated with diffusive uptake
of CO2 (20-25‰), it is likely that alternative carbon acquisition pathways are at work, such as
active uptake of bicarbonate or non-Rubisco carboxylation enzymes such as PEPcarboxylases, which are known to lead to considerably less fractionation in 13C (Pancost et al.,
1997; Korb et al., 1997).
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At 4 m depth below the chemocline, an even smaller εp value is observed during the
largest part of the year (2–4‰). This εp value is characteristic of green sulfur bacteria due to
the utilization of the reductive tricarboxylic acid (TCA) cycle (Sirevåg et al., 1977; Quandt et
al., 1977). At the time that εp values increased substantially from 3‰ (Julian day 238) to 21‰
(Julian day 283) at 4 m depth (Fig. 2.5d), a significant shift in the phytoplankton community
occurred. During this period, the chemocline moved below 4 m depth (Fig. 2.3) and a peak in
[O2] of ~15 mg l-1 occurred at 4 m depth. In addition, the [DIC] decreased by a factor two and
it became 13C-enriched by ~13‰. These changes were likely related to the high density
Euglena bloom observed at this depth. Wu and Scranton (1994) associated photosynthetic O2
production with a bloom of Euglena proxima that was found at the O2/HS¯-interface in a
permanently anoxic estuarine basin (Pettaquamscutt River Estuary, Rhode Island). The
decline in respired DIC contribution and the simultaneous 13C-depletion of POC (–33.7‰) at
the chemocline in Kyllaren fjord can be attributed to photoautotrophic assimilation of respired
DIC by Euglena sp. Assuming that most of the POC is derived from Euglena sp., an εp value
of ~21‰ can be calculated, which is comparable to the εp value of 23.8 ± 1.2‰ measured for
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Euglena gracilis (Sakashita et al., 2002). These comparable εp values suggest that Euglena sp.
assimilated respired DIC, resulting in the lowest observed δ13CPOC in Kyllaren fjord (Fig. 2.5).
From the above it is clear that, due to changes in the plankton community, it is
preferable not to use δ13CPOC as an indication of the process of recycling of respired CO2.
Biomarker lipids specific to groups of photosynthetic organisms may be more suitable to
document this process (Wu and Scranton, 1994) and this approach will be employed in the
near future.
2.4.3

Consequences of respired CO2 recycling for sedimentary organic carbon
Even if the impact of recycling of respired CO2 was not evident from δ13CPOC due to a
generally low εp, it may be possible to see its imprint on sedimentary organic carbon, as
observed in Lake Mendota (Hollander and Smith, 2001). There is indeed a slight trend
towards more negative δ13CTOC in the sediment from 18 cm depth to the surface sediment
(Fig. 2.6), which might be attributed to a gradual intensification of anoxia in Kyllaren fjord
with a concomitant increase in the fixation of respired CO2. Biomarkers for anoxic
photosynthetic green sulfur bacteria were detected even at 50 cm down-core, but their
accumulation rate increased in the upper 10 cm (Smittenberg et al., 2004), indicating more
extensive periods of photic zone euxinia, conditions favorable for the process of respired CO2
recycling.
The most negative δ13C (–26.7‰) is found just below 5 cm depth and, in the upper 5
cm, the δ13C value even slightly increases, in contradiction with the idea that recycling has
intensified. However, potential sources for sedimentary organic carbon, e.g., terrestrial plant
debris, algal biomass and microbial biomass, have changed in the history of the fjord and thus
modified the δ13CTOC. Marine biomarker accumulation rates increased in the upper 10 cm
while the accumulation rate of terrigenous biomarkers remained more or less constant
(Smittenberg et al., 2004). Marine derived OM is generally depleted in 13C relative to DIC by
25‰ (Rau et al., 1996) and terrigenous OM typically exhibits δ13C values of –28‰ to –32‰
(Tyson, 1995; Lockheart et al., 1997). Hence, an increase of the marine relative to the
terrestrial contribution to the sedimentary OC may also have caused an increasing δ13CTOC.
On the other hand, compared to buried sediments, surface sediment could contain higher
relative amounts of carbohydrate carbon, which is enriched by up to 9‰ compared to total
cell material (van Dongen et al., 2002). Ongoing selective decomposition of OM by anaerobic
bacteria could decrease δ13CTOC below the sediment-water interface.
2.5

Conclusion

DIC below the chemocline in Kyllaren fjord is almost entirely derived from OM and
forms a potential 13C-depleted DIC source for photosynthesis. Partial mixing of the water
column is evident from the δ13CDIC decrease in the oxygenated surface waters, especially in
autumn and winter. Although all prerequisites for the Küspert model are accounted for, the
actual recycling of the respired CO2 is not evident from the δ13C of POC. This is likely due to
the large variability in the photosynthetic fractionation (εp) which is highly variable in
Kyllaren fjord due to the large variety of organisms contributing to POC. Only when POC is
predominantly derived from a single organism, i.e., Euglena sp., is recycling of respired CO2
apparent in the δ13C value of POC. This suggests that compound specific δ13C measurements
will be required to recognize the process of recycling of respired CO2.
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Chapter 3
Seasonal variation in the stable carbon isotopic composition of algal
lipids in a shallow anoxic fjord: Evaluation of recycling of respired
CO2 as a cause for the negative isotope excursion in the sedimentary
records of carbonate and organic matter.
Yvonne van Breugel, Stefan Schouten, Matthias Paetzel and Jaap S. Sinninghe Damsté
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Abstract - The sedimentary records of various oceanic anoxic events (OAEs) display an up to
6‰ negative δ13C excursion in both carbonate and organic matter. Because of its global
nature, this excursion is often related to a massive injection of isotopically light methane. An
older hypothesis to explain this excursion during the Toarcian OAE is increased recycling of
respired CO2, formed by mineralization of organic matter and temporarily trapped below the
chemocline of the shallow, stratified shelf seas of Europe (“the Küspert hypothesis”). We
evaluated this latter scenario in a shallow marine fjord (Kyllaren, Norway) with persistent
stratification and anoxic bottom waters, conditions thought to reflect those of the Toarcian
shelf seas. During a two-year field study the water column of the fjord was sampled for
dissolved inorganic carbon (DIC) and particulate organic matter (POM). Earlier studies
indicated that δ13CDIC in bottom waters is indeed substantially depleted (δ13C up to –20‰)
and that this isotopically depleted DIC is advected to surface waters at times of mixing.
However, δ13C of particulate organic carbon (POC) did not reveal isotopic depletion of POC
at times of advection of respired CO2 as predicted in Küspert’s scenario, perhaps due the
isotopic heterogeneity of POM. Therefore, in this study we used the δ13C of biomarker lipids
for specific photoautotrophic organisms in the surface water (above the chemocline) to further
evaluate Küspert’s explanation for the negative isotope excursion during the Toarcian OAE.
The concentrations of specific sterols and long-chain alkenones revealed a seasonal
succession of dominant algal classes: diatoms bloomed in the spring, haptophytes proliferated
in late summer and dinoflagellates thrived in autumn. The change of sources of POM, and the
taxon-specific differences in the carbon isotopic fractionation (εp) may thus deteriorate the
correlation between the δ13C-CO2 and that of POC as we would expect in the Küspert model.
However, similar to the calculated εp value of POC, a large variation in the εp values of the
sterols and alkenones was observed. Moreover, a strong co-variance existed between the εp
value of POC and that of the individual biolipids, with high values in summer (up to 22‰)
and very low values (3‰ to 15‰) in autumn. Most likely, a common environmental factor,
such as an increased nutrient supply, caused the decrease in εp. Water column mixing by
storms, the same mechanism that likely increased the 13C-depleted DIC in the oxygenated
surface water of Kyllaren fjord in autumn, also explains the increase of nutrients. As a
consequence, the short term effect of recycling of respired CO2 on the δ13C of phytoplankton
lipids and total organic carbon is negligible in this anoxic marine system. This indicates that
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the Küspert model for the negative carbon isotope anomaly in black shales still lacks evidence
from extant model systems.

3.1

Introduction

Oceans have experienced episodes of anoxic conditions in the geological past,
especially during the mid Cretaceous and the Jurassic (Toarcian). These episodes, usually
termed oceanic anoxic events (OAEs), are characterized by widespread deposition of organic
matter (OM)-rich strata (i.e., black shales) and often prominent changes in the stable carbon
isotope composition of the global carbon reservoir (Schlanger and Jenkyns, 1976). Such
changes have been recorded in both sedimentary carbonate and organic carbon. Extensive
burial of isotopically light organic carbon (OC) is thought to have resulted in a subsequent
13
C-enrichment of the atmospheric and marine inorganic carbon reservoirs during these
OAEs, which resulted in positive carbon isotope excursions by up to 4‰ in both carbonate
and organic carbon (Arthur et al., 1990; Jenkyns et al., 1991; Farrimond et al., 1994; Jenkyns
and Clayton, 1997). These positive excursions are often preceded by a negative carbon
isotope excursion of both carbonate and organic carbon of similar or even larger magnitude as
the positive isotopic excursion. A prominent negative isotope excursion is also noted for the
Paleocene Eocene thermal maximum (PETM) (Dickens et al., 1995). The negative carbon
isotope excursions recorded in the PETM and Aptian sediments have often been explained by
massive release of 13C-depleted methane from gas hydrates (Dickens et al., 1995; Jahren et
al., 2001; Gröcke, 2002), although direct evidence for this mechanism is still lacking.
An alternative explanation for the negative isotope excursion observed in sedimentary
rocks deposited in the Western European epicontinental seas during the Toarcian OAE was
formulated by Küspert (1982). He postulated that the negative isotope excursion in the δ13C
values of primary production markers in these black shales (for example Posidonienschiefer
section in SW-Germany) may be related to recycling of isotopically light, OM-derived
(respired) CO2 (hereafter referred to as the Küspert model). Stratification of the epicontinental
seas would result in a gradual build-up of high levels of CO2 below the chemocline and
mixing events would result in advection of this light CO2 to the photic zone. When this CO2 is
used to build carbonate skeletons or fixed by photoautotrophs, this could result in the
observed negative isotope excursion for carbonate and OM. The Küspert model is thus an
explanation for negative isotope excursions on a local scale. Support for the Küspert model
came from the detection of isorenieratene derivatives (Schouten et al., 2000) and aryl
isoprenoids (Schouten et al., 2000; Schwark and Frimmel, 2004) derived from photosynthetic
green sulfur bacteria revealing the existence of photic zone euxinia, and thus a shallow
chemocline, in the Toarcian epicontinental seas. This would allow the accumulation of
respired CO2 below the chemocline, one of the prerequisites in the Küspert model.
Examination of molecular isotope records of biomarkers derived from aerobic
photoautotrophs indicated that the respired, isotopically light CO2 was made available for
fixation by aerobic photoautotrophs through regular overturn of the water column (Sælen et
al., 1998; Schouten et al., 2000; Schwark and Frimmel, 2004). These molecular isotope
records generally closely followed the observed negative δ13C excursion in the total organic
and inorganic carbon (Schouten et al., 2000).
The Küspert model is, thus, an alternative explanation for negative isotope excursions,
especially when the signal is of local rather than of global nature. However, to the best of our
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knowledge, it has never been tested in contemporary systems. This is probably because very
few marine basins with similar conditions as in the Toarcian epicontinental seas exist today.
We thought that the shallow Norwegian fjord Kyllaren, with permanent density stratification
and euxinic conditions below the chemocline, could be a suitable contemporary model system
for the shallow (ca. 50 m) Toarcian epicontinental seas to test the idea of recycling of respired
CO2 as a possible cause for past negative isotope excursions. The fjord on the west coast of
Norway (62°N) is 29 m deep and connected with the Norwegian Sea by a narrow, 1-2 m deep
channel. Precipitation and river run-off cause a low salinity surface layer, and permanent
salinity stratification was developed in the fjord at least since 1993. The position of the
O2/HS¯-interface (chemocline) is usually around 3.5 m depth. Because the chemocline
position is in the photic zone, 13C-depleted respired CO2 would be available for uptake by
photoautotrophic organisms.
We performed a field program in Kyllaren fjord from August 2001 to April 2003. The
water column was sampled at different depths for dissolved inorganic carbon (DIC) and
particulate OM (POM). Measurement of the concentration and carbon isotopic composition
indicated that the waters below the chemocline indeed contained substantial amounts (up to
11 mM) of isotopically light DIC (δ13C value up to –20‰), apparently formed by degradation
of descending OM, and that this isotopically depleted DIC is advected to surface waters at
times of mixing in autumn and early spring (van Breugel et al., 2005). However, unlike the
predictions of the Küspert model, the POC does not become 13C-depleted when the respired
CO2 contribution increased in early spring, compared to the seasons when the respired CO2
contribution is negligible in the upper 2 m of Kyllaren fjord, and POC becomes even 13Cenriched in autumn (van Breugel et al., 2005). This may be explained by the isotopic
heterogeneity of POM and the large variation in the biological carbon isotopic fractionation
(εp) of the various algal classes contributing to POM. In order to trace the potential
assimilation of respired CO2 by photoautotrophic organisms in Kyllaren fjord, it is therefore
required to dissect the various contributions to POM.
In this study we used biolipids specific to separate algal classes, i.e., specific sterols
for diatoms and dinoflagellates (Shimizu et al., 1976; Volkman, 1986) and alkenones for
haptophytes (Volkman et al., 1980b). The stable carbon isotope ratios of alkenones and
sterols in the oxygenated surface waters of Kyllaren fjord over the annual cycle provided
information about the importance of the Küspert process in an anoxic shallow marine system.
Implications for the deposition of Toarcian black shales are discussed.
3.2

Methods

3.2.1

Sampling
Water samples for the measurement of dissolved inorganic carbon concentration
([DIC]) and stable carbon isotope ratios of DIC (δ13CDIC), as well as particulate organic
carbon filters for biomarker analysis, were taken at various water depths at a fixed position
(depocentre: 28 m water depth) in Kyllaren fjord from summer 2001 until spring 2003, except
for the sampling campaign conducted in February 2003. At that time, ice covered about 70%
of the fjord and the regular sample position could not be reached. Instead, water samples were
taken at a position closer to the south-east coast where maximum water depth is 22.5 m (Fig.
2.2). Duplicate water samples were taken with a Niskin bottle from the water column at 0 m
(surface), 2, 4, 6, 8, 10, 15, 20 and 25 m depth for [DIC] and δ13CDIC measurements. No
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samples were taken at 2 and 8 m depth for POC in September 2002. In February 2003, DIC
and POC samples were taken at 0.5, 2, 4, 6, 8, 10, 15 and 20 m depth.
For determination of biolipids, water was pumped into a 20 l pressure tank with a 12V
car-battery operated pump. 3 to 12 l of water were filtered over pre-combusted (400°C) 0.7
μm glass fiber filters in a 150 mm in-line filter-holder. The filters were packed in aluminum
foil and kept frozen under dark conditions.
3.2.2

Biomarker analyses
The freeze-dried filters were successively extracted in triplicate with methanol, a
methanol/dichloromethane (DCM) mixture (1:1 v/v) and DCM, using ultrasonication. The
combined extracts were evaporated with a rotary evaporator and the extract, dissolved in
DCM, was washed with a saturated NaCl solution in distilled water, to remove salts. For fatty
acid analysis, an aliquot of the TLE was methylated by reaction with BF3/MeOH at 60°C for
15 min. This mixture was dried under a stream of nitrogen, redissolved in distilled water,
extracted with DCM and cleaned over a small silicagel (Merck 60) column using ethyl acetate
as the eluent. To convert alcohols into their corresponding trimethylsilyl (TMS) ethers this
fraction was evaporated to dryness, dissolved in 25 μl pyridine; and 25 μl
bis(trimethylsilyl)trifluoroacetamide (BSTFA) was added, and the mixture was heated at
60°C for 20 min and analyzed by gas chromatography (GC), GC-mass spectrometry (MS) and
isotope-ratio-monitoring GC-MS (irm-GC-MS). The remaining part of the TLE was separated
into an aliphatic hydrocarbon fraction, a fraction containing alkenones and a fraction
containing sterols, using a column (column volume 3 to 20 ml depending on the amount of
TLE) packed with alumina (activated for 2 h at 150°C) eluted with a hexane/DCM (9:1 v/v)
mixture (3× column volume), hexane/DCM (1:1, v/v; 3× column volume) and methanol/DCM
(1:1, v/v; 3× column volume), respectively. A deuterated C22 ante-iso alkane was added to all
fractions as internal standard. All fractions were dried under a stream of nitrogen. The
alkenone fractions were redissolved in ethyl acetate and subsequently analyzed by GC, GCMS and irm-GC-MS. The alcohol fractions were silylated as described above, dissolved in
ethyl acetate to 1 mg/ml, and analyzed by GC, GC-MS and irm-GC-MS.
3.2.3

GC and GC-MS conditions
GC was performed using a Hewlett Packard 6890 instrument equipped with an oncolumn injector and a flame ionization detector (FID). A fused silica capillary column (25 m
× 0.32 mm) coated with CP Sil 5 (film thickness 0.12 μm) was used with helium as carrier
gas. The samples were on-column injected at 70°C. Subsequently, the oven was programmed
to 130°C at 20°C min-1 and then at 4°C min-1 to 320°C at which it was maintained for 10 min.
GC-MS was performed using a Hewlett-Packard 5890 gas chromatography interfaced
to a VG Autospec Ultima mass spectrometer operated at 70 eV with a mass range of m/z 50800 and a cycle time of 1.7 s (resolution 1000). GC conditions and temperature program are
as for GC. Compounds were identified by comparison of mass spectra and retention times
with those reported in literature. Quantification was performed by comparing integrated peak
areas of compounds with that of the internal standard either by GC (fatty acids and alkenones)
or by GC-MS (sterols).
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Figure 3.1. Concentrations of POC, of the C37 alkenones and of the free sterols in Kyllaren fjord at 0 m (a-d) and
at 2 m (f-i) depth. Seasonal variability in the temperature and the salinity in the oxygenated surface water of
Kyllaren fjord in the period August 2001 to April 2003 (e and j). C27Δ5,22 = cholesta-5,22-dienol, C27Δ5 =
cholesterol, C28Δ5,22 = 24-methyl-cholesta-5,22-dienol, C28Δ5,24(28) = 24-methylene-cholesterol.

3.2.4

Compound specific isotope analysis
The δ13C values of the sterols and alkenones were determined using a ThermoFinnigan DELTA-C isotope-ratio-monitoring GC-MS (irm-GC-MS) system. A fused silica
capillary column (50 m × 0.32 mm) coated with CP-Sil 5 (film thickness 0.12 μm) was used
with helium as carrier gas. The samples were dissolved in hexane or ethyl acetate and injected
at 70°C. Subsequently, the oven was programmed to 130°C at 20°C min-1 and then at 4°C

39

Chapter 3___________________________________________________________________

min-1 to 320°C at which it was maintained for 20 min. The δ13C values for individual
compounds are reported in the standard delta notation against VPDB standard and are the
means of duplicate runs with differences between runs varying from 0.2‰ to 1.1‰. To obtain
actual lipid isotope ratios, the measured carbon isotope ratios of sterol-TMS ethers were
corrected for carbon numbers (BSTFA, with δ13C value –40.0‰) added during their
derivatization.
3.3

Results and discussion

3.3.1

Environmental Conditions in Kyllaren Fjord
The temperature of the surface waters in Kyllaren fjord fluctuated between 22°C in the
summer (August 2002) and –1°C in the winter (December 2002) (Fig. 3.1e and j). The salinity
fluctuated between 5‰ and 21‰ at 2 m depth and between 0‰ and 19‰ in the surface water
(Fig. 3.1e and j). At 2 m depth the salinity was most reduced in the time period December
2001 to March 2002 and was more or less constant from April 2002 to April 2003 (16 ± 2‰).
The salinity at 0 m depth was much more variable than at 2 m depth, with highest values
recorded in May to June 2002, and April 2003.
3.3.2

Biomarker distributions
Fatty acids, sterols and alkenones comprise the major lipids detected in the POM of
Kyllaren fjord. The C14:0, C16:1, C16:0 and C18:0 fatty acids dominated the total extractable OM
with concentrations of 0.2 to 30 μg l-1. These are common lipids biosynthesized by all algal
classes and the δ13C of the fatty acids (data not shown) reflects probably more the source
heterogeneity than the process of recycling of respired CO2, similar to the δ13C of POM (van
Breugel et al., 2005). Therefore, the fatty acids are not further discussed. The most abundant
sterols are cholesta-5,22-dien-3β-ol (2: see appendix for structures), cholest-5-en-3β-ol (4),
24-methyl-cholesta-5,22-dien-3β-ol (6), 24-methylene-cholest-5-en-3β-ol (24-methylenecholesterol; 8), 23,24-dimethyl-cholesta-5,22-dien-3β-ol (11), 4α,24-dimethyl-5α(H)-cholest22-en-3β-ol (14), 24-ethyl-cholest-5-en-3β-ol (sitosterol; 16) and 4α,23,24-trimethyl-cholest22-en-3β-ol (dinosterol; 20) (Fig. 3.2), with concentrations up to 5 μg l-1. The major
alkenones detected in the POM of Kyllaren fjord are C37:2 and C37:3 methyl ketones and C38:2
and C38:3 methyl and ethyl ketones (Fig. 3.3), with total concentrations ranging from 0.01 to
1.8 μg l-1.
Large variations with season and depth occur in the distribution of the sterols and
alkenones. In order to determine which biomarker lipids were derived from the same
biological source, or responded to changing environmental conditions (for example nutrient
levels and salinity) in a similar fashion, we calculated the Pearson correlations between the
concentrations of the different biomarker lipids (Table 3.1). Most correlations between the
biomarker concentrations are similar at the two examined depths in the oxygenated surface
waters of the fjord (i.e., 0 and 2 m). Exceptions are the 24-methyl-cholesta-5,22-dienol
concentrations, which co-varied only at 0 m depth with the alkenone concentrations, and the
concentrations of the sterols, cholesterol, cholesta-5,22-dienol and 24-methyl-cholesta-5,22dienol, which covaried (with Pearson correlation coefficients >0.9) with each other only at 2
m depth. Below, we discuss the variation in the concentrations of the sterols and the
alkenones.
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Figure 3.2. Partial chromatograms of the TMS derivatives of sterols in the free sterol fractions of filtered surface
water of Kyllaren fjord in (a) August of 2002 and in (b) October 2002. Numbers refer to the appendix.
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Table 3.1. Pearson correlation coefficients for the concentrations of sterols, alkenones and POC in the surface
waters of Kyllaren fjord.

-0.04
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5
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C27Δ (4)
5,22
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0.42b
C28Δ (6)
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-0.28 -0.27 -0.07
C28Δ5,24(28) (8)
a
5
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0.53
0.28
-0.25
C29Δ (16)
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23,24-diMe-29Δ5,22 (16)
0.48
-0.21 -0.22 -0.19 0.86c -0.25
0.95
4α,24-diMe-29Δ22 (14)
b
0.52
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0.98
Dinosterol (20)
a
a
-0.24
-0.21
0.29
0.84
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0.10
-0.21
-0.15
-0.18
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The data from February of 2003 at 2 m depth were omitted in the calculation because of anoxia at that time. The
shaded areas indicate a correlation with Pearson coefficient > 0.8. C27Δ5,22 = cholesta-5,22-dienol, C27Δ5 =
cholesterol, C28Δ5,22 = 24-methyl-cholesta-5,22-dienol, C28Δ5,24(28) = 24-methylene-cholesterol, C29Δ5 = sitosterol,
23,24-dime-C29Δ5,22 = 23,24-dimethyl-cholesta-5,22-dienol, 4α,24-dime-C29Δ22 = 4α,24-dimethyl-cholest-22enol.
a
At 0 m depth the Pearson correlation > 0.6.
b
At 2 m depth the Pearson correlation > 0.6.
c
At 2 m depth the Pearson correlation is >0.9, while at 0 m depth the correlation is 0.5-0.6.

3.3.3

Dinoflagellate sterols
The high correlation (Pearson factor >0.9) between the concentrations of the sterols
24-methylene-cholesterol, 23,24-dimethyl-cholesta-5,22-dienol, 4α,24-dimethyl-cholest-22enol and dinosterol (Table 3.1) strongly suggests either similar biological sources for these
sterols or that similar environmental conditions (e.g., nutrient concentrations) favored growth
of different groups of phytoplankton at the same time. Dinosterol, 23,24-dimethyl-cholesta5,22-dienol and 4α,24-dimethyl-cholest-22-enol are major sterols of dinoflagellates
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(Volkman, 1986), although these sterols have also been reported in some diatom cultures
(Volkman et al., 1993; Barrett et al., 1995; Véron et al., 1998). The sterol composition in the
surface water of Kyllaren fjord in October 2002 is similar to that reported for cultures of the
photoautotrophic dinoflagellates Prorocentrum minimum and Prorocentrum micans
(Volkman et al., 1999; Leblond and Chapman, 2002) with approximately the same relative
concentrations of sterols, including small amounts of 4α-methyl-24-methylene-cholestanol
(19) and 23,24-dimethyl-cholest-22-enol (13; Fig. 3.2). The contribution of these 23,24dimethyl and 4-methyl sterols to the total sterols was 33 to 66% in autumn 2001 and 2002 in
Kyllaren fjord. Such high relative contributions of these specific sterols to the total sterols
have not been reported for diatoms (Volkman et al., 1993). Microscopic observation of
filtered water from October 2002 at 2 m depth, revealed a high abundance of dinoflagellate
cells with a diameter of 15-20 μm. These cells exhibit surface markings, shape and size
characteristic of P. minimum and P. balticum (Steidinger and Tangen, 1997). Furthermore, the
observation of a single apical projection (spine) bordering the periflagellar area (Fig. 3.3a) in
those cells, renders P. minimum to be the most likely species, as P. balticum has two apical
projections. The foregoing observation, in conjunction with the co-variance in the sterol
concentrations, allowed us to pool these sterols as a dinoflagellate group. These sterols were
especially abundant in November 2001 and October 2002, with a maximum concentration up
to 9 μg l-1 at 2 m depth in October 2002 (Fig. 3.1), suggesting that these dinoflagellates bloom
in the fall.

5 µm

1 spine

5 µm

(a)

(b)

Figure 3.3. Photo of (a) a dinoflagellate specimen in Kyllaren fjord at 2 m depth in October 2002 and (b)
Prorocentrum cordatum in culture. Kyllaren fjord water was filtered over a 0.2 μm polycarbonate filter and kept
at –80°C. With enriched seawater (medium F/2 ES) the cells were rinsed off the filter and prepared for the
microscope.

The concentration of 24-methylene-cholesterol co-varied with that of the
dinoflagellate sterols (Table 3.1; R2 = 0.72). At 2 m depth, the correlation between 24methylene-cholesterol concentrations and the concentrations of the dinoflagellate sterols is
much higher (R2 = 0.87; Fig. 3.1f) than it is at 0 m depth (R2 = 0.37; Fig. 3.1a), implying that,
at 2 m depth, 24-methylene-cholesterol is predominantly derived from dinoflagellates. This is
supported by the relative amount of 24-methylene-cholesterol (26-36%) of the total free sterol
fraction in autumn in Kyllaren fjord. Similarly high relative amounts of 24-methylenecholesterol in dinoflagellates have, until now, only been found in P. minimum (Volkman et
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al., 1999; Leblond and Chapman, 2002) and P. cordatum (Nichols et al., 1984). It has been
proposed that these two Prorocentrum species are identical (Velikova and Larsen, 1999) and
should be named P. cordatum, which we will adopt here. Other sources, such as diatoms, may
have contributed to 24-methylene-cholesterol at 0 m depth and will be discussed below.
3.3.4

Diatom sterols
At 0 m depth, the concentration of 24-methylene-cholesterol is, on average, 1.4 μg l-1,
with little variation from spring to fall (Fig. 3.1a). In spring and summer this sterol could be
derived from a number of sources, other than dinoflagellates, as it has been found as a major
or common component in several algal classes (Barrett et al., 1995; Volkman, 2003),
particularly diatoms (Volkman, 2003). Diatom blooms in Norwegian fjords are common in
the spring when nutrient levels are high (Sakshaug et al., 1983; Kukert and Riebesell, 1998;
Larsen et al., 2004). It is noteworthy that 24-methylene-cholesterol was not detected in April
2003, while its relative abundance was nearly 45% of the total free sterols in April of 2002,
both at the surface and at 2 m depth (Fig. 3.1a, f). Possibly, inter-annual variations in spring
blooms occur, or the spring bloom in 2003 had not yet started at the time of sampling.
At 2 m depth, another group of sterols whose concentrations co-varied (correlation
factor >0.9; Table 3.1) were cholesta-5,22-dienol, cholesterol and 24-methyl-cholesta-5,22dienol, suggesting a common source. These sterols are commonly important components in
diatoms and red algae (Volkman, 2003). Most red algae live attached to rocks and unicellular
red algae occur typically in high-temperature settings (van den Hoek et al., 1995). Hence,
diatoms are the most likely source for this group of sterols. At 2 m depth, the concentrations
of these sterols were generally 0.1–0.2 μg l-1, with slightly higher concentrations in August
2001, and 3 to 10 times higher concentrations in April 2003 (Fig. 3.1g). At that time, 24methylene-cholesterol was not detected (unlike in April 2002), suggesting that either a
different diatom species dominated the spring bloom, or that the spring bloom diatom was at a
different growth stage, as discussed earlier. An increase in concentration (0.4 to 0.7 μg l-1)
was also observed for all three sterols at 0 m depth (Fig. 3.1b), but not to the same degree as
at 2 m depth (0.7 to 1.8 μg l-1).
3.3.5

Haptophyte lipids
Several species of the haptophyte class of algae are known to produce long-chain
alkenones (Volkman et al., 1980b; Marlowe et al., 1984a). The low salinities (1 to 20‰)
prevalent in Kyllaren fjord preclude the common open marine prymnesiophyte algae
Emiliania huxleyi (tolerant to salinities down to 11‰; (Burky, 1974)) and Gephyrocapsa
oceanica as a likely source for the alkenones. Freshwater and brackish species from the
family Isochrysidaceae (Marlowe et al., 1984b; Ficken and Farrimond, 1995; Coolen et al.,
2004) are more likely sources for the alkenones in Kyllaren fjord, especially at 0 m depth
where salinities were below 11‰ during most of the year (Fig. 3.1e). Maximum
concentrations of alkenones in the surface water of Kyllaren fjord were reached in August of
2001 at 0 m depth and in June and August of 2002 at both depths (Fig. 3.1c and h). In August
2001 and April 2002 at 0 m depth, when the salinity was as low as 1‰, the alkenone
distribution was comparable to the alkenone distribution in the surface sediment of the lowsalinity part of the Baltic Sea (Schulz et al., 2000), with relatively high C37:4 alkenones (about
10% of the total C37 alkenones) and no C38 methyl ketones (Fig. 3.4a).
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Relative intensity

The concentration of 24-methyl-cholesta-5,22-dienol co-varied with the concentration
of the alkenones at 0 m depth with a Pearson factor >0.9 (Table 3.1). This sterol was detected
as a major component in several alkenone-producing prymnesiophytes (Volkman et al., 1981;
Marlowe et al., 1984a). In August 2001, 24-methyl-cholesta-5,22-dienol is the dominant
sterol (54% of the total sterols) with a maximum concentration of 4.9 μg l-1. In August 2002,
both cholesta-5,22-dienol and cholesterol reached a peak in concentration (Fig. 3.1b and g).
These sterols are common sterols in haptophytes (Volkman, 1986) and the presence of
haptophyte algae in Kyllaren fjord is indicated by high alkenone abundances in the summer
(Volkman et al., 1980b).
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Figure 3.4. Partial chromatograms of the alkenone
fractions of filtered surface water of Kyllaren fjord
in (a) April of 2002 at 0 m depth and in (b) August
of 2002 at 0 m depth and (c) at 2 m depth. In April
2002 the water temperature was 8.8°C and the
salinity 12‰ at 0 m depth. In August 2002 the
temperature was 16°C at both depths and the
salinity was 10‰ at 0 m depth and 15‰ at 2 m
depth.
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3.3.6

Sitosterol
Sitosterol is a sterol commonly associated with higher plants (Huang and Meinschein,
1976), but many microalgal species can also be major sources (Volkman, 1986). It was
previously proposed that fossil sitosterol present in the sediments of Kyllaren fjord was
mainly derived from terrigenous sources, as the accumulation rate profiles of sitosterol and
terrestrial n-alkanes were very similar (Smittenberg et al., 2004). The lack of co-variance of
sitosterol with any of the other sterols in the water column (Table 3.1) supports an
allochthonous source. In case of a terrestrial source for sitosterol, one could expect a positive
correlation with salinity, i.e., higher run-off rates would carry more terrestrial organic material

44

__________________________________________Seasonal variation in δ13C of algal lipids

into the fjord. However, at 0 m depth, sitosterol concentrations at times of very low salinities
(August and November 2001) were comparable with sitosterol concentrations at times of
higher salinities (June 2002 and April 2003; Fig. 3.1c and h). The salinities at 2 m depth were
between 14‰ and 19‰, indicating that fresh water inputs were comparable during the greater
part of the year. Only in November 2001 to March 2002 salinities dropped below 10‰ (Fig.
3.1j), yet the sitosterol concentration was low at this time at 2 m depth (Fig. 3.1h). Moreover,
the seasonal trend in the sitosterol concentration at 2 m depth was different from the trend in
the sitosterol concentrations at 0 m depth. The lack of correlation between sitosterol
concentrations and salinities and between the sitosterol concentrations at the two depths
indicates that other sources than higher plants, e.g., the diatom bloom of April 2003, could
potentially have contributed to the sitosterol abundance in the water column of the fjord.
3.4

The δ13C of CO2 (aq) and POC

The position of the chemocline is mostly at 3.5 m depth in the permanently anoxic
Kyllaren fjord. DIC derived from decomposed OM (respired DIC) accumulates below the
chemocline, resulting in concentrations as high as 11 mM of 13C-depleted DIC (van Breugel
et al., 2005). The stable carbon isotope ratio of dissolved CO2 varies from –9‰ to –18‰ in
the oxygenated surface water of Kyllaren fjord (van Breugel et al., 2005). Mixing of the
respired DIC into the oxygenated surface water by autumn storms decreased the δ13C values
of CO2 by 3‰ to 5‰ from spring 2002 to autumn 2002. A temporary shoaling of the
chemocline to 2 m depth in winter 2003 was responsible for the elevated CO2 concentrations
(Fig. 3.5e and j) and the 13C-depleted value of CO2(aq) (–25‰) at that time. In April 2003,
when the chemocline was restored to 3.5 m depth, the δ13C values of CO2 in the surface
waters were still as low as –18‰ (Table 3.2). The light δ13C values of δ13C-CO2, however,
are not reflected in the δ13C values of POC, which varied between –19‰ and –27‰ in the
surface water (Table 3.2). To test the Küspert model, we examined if the assimilation of 13Cdepleted respired CO2 is evident in the δ13C of lipid compounds with restricted phytoplankton
sources, thereby avoiding species-related variability in the isotopic signal, which may have
affected the δ13C of POC.
3.5

Compound specific stable carbon isotope ratios

A large range of stable carbon isotope ratios of the sterols and the alkenones (–16‰ to
–32‰) was observed in Kyllaren fjord (Table 3.2) but no correlation between the δ13C of any
of the biomarkers and the in situ δ13C values of CO2 is discernible (Fig. 3.6), as would be
expected in the Küspert model. As a matter of fact, in February of 2003, the δ13C values of
cholesterol, 24-methyl-cholesta-5,22-dienol, dinosterol and 24-methylene-cholesterol at 2 m
depth were even higher than the δ13C of CO2 (table 3.2), when the water was anoxic at that
depth. As δ13C of lipids of photoautotrophs are always depleted versus the δ13C-CO2, it is
likely that these sterols were not locally synthesized by photoautotrophs, but were probably
transported to that depth via sinking or upwelling particles. For that reason, we will not
consider these data any further in our discussions. In the following discussion we will
evaluate any additional factors that may control the δ13C of individual biomarkers in Kyllaren
fjord, other than the δ13C-CO2 alone.
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Figure 3.5. The calculated biological isotope fractionation (εp) versus CO2 of the sterols, C37:3 + C37:2 alkenones
and POC in the period August 2001 to April 2003 at 0 m depth (open symbols) and at 2 m depth (gray symbols).
Also is plotted the CO2 concentration.
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Table 3.2 The δ13C of CO2, POC and of the biomarkers at (a) 0 m depth and at (b) 2 m depth.

(a)
Julian
CO2
day
1
71
238
283
348
397
419
527
583

-14.1
-15.1
-10.9
-9.9
-11.5
-15.0
-13.3
-16.2
-17.8

POC

-24.5
-24.5
-25.4
-24.5
-19.9
-23.9
-19.3
-25.6
-26.6

C27Δ5

-24.1
-23.3
-22.7
-22.8
-27.0
-24.3
-21.6
-23.8
-23.0

C28Δ5,22

-25.6
-31.7
-29.7
-24.8
-25.7
-25.2
-22.6
-21.6
-24.0

C28Δ5,24(28)

-22.3
-22.3
-23.5
-23.2
-22.5
-23.5
-17.6

C29Δ5

-25.5
-25.3
-25.8
-24.3
-27.4
-28.1

23,24-diMe- 4α,24-diMeC37:3 + C37:2
Dinosterol
alkenones
C29Δ5,22
C29Δ22

-20.8

-24.7

-23.6

-23.1
-21.7
-16.4

-22.6
-24.1
-22.3
-17.7

-23.1
-19.1
-21.8
-16.8

-30.5
-28.1
-32.0
-25.4
-29.5
-24.4
-28.4

-29.4
-25.3

(b)
Julian
CO2
day
1
71
238
283
348
397
419
527
583

-11.3
-15.3
-9.1
-10.1
-11.1
-12.6
-12.6
-25.1
-17.6

POC

C27Δ5

C28Δ5,22

-25.5
-21.3
-26.0
-24.3
-19.1

-23.0

-22.6

-23.8
-22.4
-22.0

-30.6
-25.5
-25.0

-20.2
-26.8
-26.9

-21.1
-22.2
-24.2

-24.3
-22.5

C28Δ5,24(28)

-27.1
-21.6
-24.9
-22.7
-19.6
-18.0
-20.8

C29Δ5

23,24-diMe- 4α,24-diMeC37:3 + C37:2
Dinosterol
alkenones
C29Δ5,22
C29Δ22

-30.5

-27.6
-26.6

-20.6

-22.4

-22.0

-20.7

-23.6
-20.0

-23.4
-18.7

-18.0

-18.4

-19.1
-21.3

-28.8
-27.1
-25.2
-23.7

-29.2

3.5.1

Dinoflagellate sterols
The δ13C values of the dinoflagellate sterols are all in the same range –16‰ to –25‰
(Table 3.2) and co-varied with each other (R2 ≥0.6; n = 7 to 10) in the surface waters (0 and 2
m depth) of the fjord, confirming a common biological source for these sterols. Only the δ13C
values of dinosterol and 23,24-dimethyl-cholesta-5,22-dienol did not co-vary (R2 = 0.3). This
latter sterol may also partially derive from diatoms (Volkman et al., 1980a). In August of
2002, at 0 m depth, the δ13C value of dinosterol is 2‰ to 5‰ more enriched than the other
dinoflagellate sterols. Possibly, other sources than P. cordatum contributed to the
dinoflagellate sterols in the summer. P. cordatum and P. balticum are species that typically
form large blooms (Steidinger and Tangen, 1997) and the concentration peak of dinoflagellate
sterols in the fall (Fig. 3.1f) indicates that P. cordatum blooms at this season in Kyllaren fjord.
Because a singular source can be assumed for the sterols during the dinoflagellate blooms, the
3‰ to 4‰ difference in the isotopic composition of the dinoflagellate sterols, as observed
between autumn 2001 (November) and autumn 2002 (October) at 2 m depth (Table 3.2), can
be attributed to corresponding changes in the δ13C of CO2.
The calculated biological carbon isotope fractionation (εp) of the dinoflagellate sterols
versus CO2(aq) decreased from 13-14‰ to ~6‰ at 2 m depth and even lower to 3-4‰ at 0 m
depth during the period June to October 2002 (Figs. 3.5a-c, f-h). εp depends on a number of
factors, particularly growth rate μ and [CO2(aq)] (Popp et al., 1998) as indicated by equation
(3.1):

47

Chapter 3___________________________________________________________________

⎞
⎛K
μ
⎟⎟
ε p = ε t + (ε f − ε t )⎜⎜ 1 −
⎝ K 2 K 2 [CO2 (aq )] ⎠

(3.1)

εt and εf are the discrimination factors associated with diffusion of CO2 (aq) into the
plant and fixation within the plant, respectively, and K1 and K2 are rate constants for the flux
of CO2(aq) into and out of the plant, respectively. The CO2(aq) concentration increased
substantially from summer to fall 2002 (8 to 24 μmol l-1; Fig. 3.5), and this should have
increased the εp value (Eq. 3.1). An increasing growth rate (μ) decreases the enzymatic
discrimination against 13C and would thus increase the δ13C of the sterols. Indeed, the
concentrations of the dinoflagellate sterols, assuming that they are an approximate measure of
growth rate, increased over the same period (Fig. 3.1f), although not following a linear
relationship with εp. This would suggest that the growth rate is an important parameter for the
δ13C of these sterols. Furthermore, the factors related to CO2 diffusion and fixation are species
specific (Popp et al., 1998) and a change in source with the seasons is an explanation for the
general increase in δ13C of the dinoflagellate sterols from April to October of 2002, while the
δ13C of CO2 (aq) was decreasing. Alternatively, active uptake of bicarbonate could explain the
drop in εp by ~10‰ from summer to autumn since this process results in a substantial increase
of the δ13C value of biomass (Fogel et al., 1992; Pancost et al., 1997). Linearity in the
relationship εp-μ⋅[CO2 (aq)]-1 is under the assumption that CO2 uptake occurs via passive
diffusion (Riebesell et al., 2000a; Laws et al., 2002). The need for a CO2 concentrating
mechanism (CCM) at ambient CO2 concentrations was demonstrated in cultures of
Prorocentrum micans (Nimer et al., 1999). A CCM could well be active in the Prorocentrum
sp. in Kyllaren fjord when the εp values are only between 3‰ and 10‰, i.e., much smaller
compared to values typically associated with diffusive uptake of CO2 (20-25‰).
3.5.2

Diatom sterols
The δ13C values of cholesterol, 24-methyl-cholesta-5,22-dienol and 24-methylenecholesterol range from –21.1‰ to –27.0‰, –21.6‰ to –31.7‰ and –17.6‰ to –27.1‰,
respectively (Table 3.2). Although the concentrations of cholesterol and 24-methyl-cholesta5,22-dienol co-varied at 2 m depth, there is no apparent correlation between the δ13C values of
these sterols at this depth. The δ13C values of 24-methyl-cholesta-5,22-dienol was up to 7‰
depleted relative to those of cholesterol in the surface waters at both depths (Table 3.2). This
does not necessarily invoke different sources for the two sterols, as some variation in the δ13C
of sterols (up to 5‰) might occur within one species, as was observed in cultures of two
freshwater Chlorophyte species (Schouten et al., 1998) and in E. huxleyi cultures (Riebesell et
al., 2000b; Sun et al., 2004). Moreover, both the sterol composition and the δ13C values of the
sterols can change with growth stage (Sun et al., 2004), which may explain the isotopic
differences between consecutive springs and summers.
Remarkably, the much increased respired CO2 contribution in April 2003 compared to
April 2002, which resulted in an 8.5‰ lower δ13C-CO2 (Table 3.2), is not recorded in the
δ13C of the sterols. The calculated εp for cholesterol and 24-methyl-cholesta-5,22-dienol in
April 2002 is 12‰ to 22‰, whereas it is only 5‰ to 7‰ in April 2003 (Fig. 3.5b and g). The
CO2 concentration is low in April 2002 at 0 m depth (6 μmol l-1) but high at 2 m depth (107
μmol l-1) and also at both depths in April 2003 (26 and 284 μmol l-1). This is expected to
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result in an increase in εp (Eq. 3.1), yet the contrary is observed. An increasing growth rate in
response to an increasing nitrogen supply may lead to a depressed εp (Riebesell et al., 2000a).
High variability in growth rates was also proposed to explain the highly variable isotopic
fractionations by diatoms in the nutrient-rich water along the Peru margin (Pancost et al.,
1997). Autumn storms in 2002 and high run-off in spring 2003 must have increased the
nutrient supply in Kyllaren fjord by advection of nutrient-rich bottom waters. This process
would affect all biomarkers and may thus explain the similar trend of high εp values in April
2002 to low εp values in October 2002 (and April 2003) observed for all sterols (Fig. 3.5). In
several cases, active uptake of HCO3¯ by diatoms was also suggested to explain reduced εp
values (Pancost et al., 1997; Riebesell et al., 2000a), but it is not possible here to distinguish
between the influence of growth rate and that of the use of different carbon acquisition
pathways with the available data.
3.5.3

Haptophyte lipids
The δ13C values of the alkenones in Kyllaren fjord (–24‰ to –32‰) are in the same
range as those measured in Santa Monica Basin and Black Sea sediments (–27‰ to –31‰)
(Bidigare et al., 1997; Xu et al., 2001) and are even slightly 13C-depleted compared to
alkenones found at other (open) marine locations (–19‰ to –27‰) (Bidigare et al., 1997;
Benthien et al., 2002; Werne and Hollander, 2004). Compared to the alkenones in the Ace
Lake sediments (–32‰ to –36‰) (Schouten et al., 2001), the alkenones in Kyllaren fjord are
13
C-enriched. The δ13C values of the alkenones only co-varied with the δ13C values of
cholesterol at 2 m depth, but not in a linear fashion, and not with the δ13C values of 24methyl-cholesta-5,22-dienol, although the concentrations of the latter and that of the
alkenones did co-vary. This makes it unlikely that any of the sterols have a single haptophyte
source.
The δ13C values of the alkenones co-varied to some degree with the δ13C-CO2 at 2 m
depth (R2 = 0.54, n = 5). From April to September 2002, however, the δ13C values of the
alkenones had an opposite trend to that of CO2(aq) (Fig. 3.6). The calculated εp versus CO2 in
this period decreased from 18.5‰ to 13.0‰ (Fig. 3.5c and h). This may be explained by an
increasing growth rate, as suggested by the increasing summed concentration (0.04 to 0.36 μg
l-1) of the C37:3 and C37:2 alkenones. A similarly decreasing trend in εp also applies to the
alkenones at 2 m depth, over the period April 2002 to April 2003. The εp vs. CO2 of the
alkenones at 0 m depth fluctuated between 22‰ and 10‰ over the period April to October of
2002. This could be due to a number of factors, for instance, concomitant fluctuations in
salinity between 5‰ and 19‰ over the same period, implying that different adapted species
become dominant under different salinity regimes.
3.5.4

Sitosterol
The δ13C values of sitosterol range from –24.3‰ to –30.5‰ (Table 3.2). Sitosterol is
substantially 13C-depleted compared to the other sterols in August of 2001 at 2 m depth (–
30.5‰) and in September 2002 at 0 m depth (–28.1‰), but not at any other time. In August
2001 at 0 m depth, sitosterol is 5‰ more 13C-enriched than at 2 m depth (Table 3.2). This
implies derivation of sitosterol from multiple - probably aquatic - sources, since this δ13C shift
is not likely to be explained by different terrestrial sources. From June to September of 2002,
at 0 m depth, the δ13C values of sitosterol dropped from –24‰ to –28‰ at the same time as
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the δ13C-CO2 decreased from –10‰ to –15‰ (Fig 3.6); this again suggests a partially aquatic
source for sitosterol.
-16
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Figure 3.6. No correlation between δ13C of the biolipids and δ13C-CO2. The δ13C values of the alkenones covaried to some degree with the δ13C-CO2 at 2 m depth. From June to September of 2002, at 0 m depth, the δ13C
values of sitosterol covaried with δ13C-CO2 (open symbols).

3.6

Evaluation of the Küspert Model

The variable concentrations of biolipids in the Kyllaren fjord reveal a seasonal
succession of dominant algal classes: diatoms bloom in the spring, haptophytes proliferate in
late summer and dinoflagellates thrive in autumn. Taxon-specific differences in εp may thus
deteriorate the correlation between the δ13C-CO2 and POC as we would expect in the Küspert
model. However, the influence of 13C-depleted respired CO2 is also not evident from the δ13C
values of the individual biolipids derived from a specific biological source (Fig. 3.6). When
bottom waters become advected to the surface, the CO2 concentration is high compared to
usual concentrations in the oceans (8 to 25 μM; Riebesell et al., 2000b) and the δ13C of DIC is
low (Fig. 3.5; Table 3.2). These conditions would be expected to result in relatively
isotopically negative algal OC (Eq. 3.1; Francois et al., 1993; Popp et al., 1998) and, thus,
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clearly reveal a strong signal of respired CO2 uptake. However, this is not observed in our
data set.
Large variations in εp values, comparable to those for POC, are observed for the
sterols and alkenones from a specific phytoplankton source. These variations are due to
variations in growth rate, nutrient supply and, in the case of the less specific sterols, e.g.,
cholesterol, alternating (diatom and/or haptophyte) sources during the seasons. The biolipids
specific to algal classes, such as the dinoflagellate sterols and the haptophyte alkenones, still
show large variation in their εp values. It is notable that the εp values of the biolipids and of
POC all largely co-vary (R2 between 0.23 and 0.91), indicating that a common
(environmental) factor had a dominant influence on the δ13C of the organic material in this
period. A common factor, such as the increase in the nutrient supply, is likely to have
occurred in the period that the respired CO2 contribution increased. In stratified water, not
only respired CO2 accumulates below the chemocline, but also nutrients (Reeburgh et al.,
1991; Codispoti et al., 1991; Sieburth and Donaghay, 1993; Velinsky and Fogel, 1999;
Ohkouchi et al., 2005). The autumn storms, suggested by van Breugel et al. (2005) to have
caused some mixing of the anoxic bottom water into the oxygenated surface water,
consequently brought both 13C-depleted DIC and nutrients into the oxygenated surface water.
Moreover, the autumn storms could have increased the nutrient supply with elevated run-off.
In the winter 2003 the temporarily shoaled chemocline likely increased both concentrations of
respired CO2 and nutrients in the upper two meters of the water column of Kyllaren fjord. The
induction of an active transport system for concentrating DIC during high primary
productivity, when carbon becomes limiting, was suggested to explain low εp values (Fogel et
al., 1992; Pancost et al., 1997). Riebesell et al. (2000a) found an up to 8‰ reduction of εp in
nutrient-replete conditions compared to nitrogen limiting conditions in diatom culture
experiments.
Because of these complicating factors apparently inherent to the stratified system, with
large effects on the δ13C of the biolipids, it is not clear what effect the process of respired CO2
recycling could have on the sedimentary carbon isotope record. However, it is clear from this
study that, at least initially, OM can become even more 13C-enriched due to reduced εp. The
δ13C-excursions of the Toarcian OAE generally start with a sharp negative shift simultaneous
with the onset of organic rich facies (Hollander et al., 1991; Jiménez et al., 1996; Jenkyns and
Clayton, 1997; Röhl et al., 2001), with an exception of Mochras Borehole, where the negative
δ13Corg excursion seems to be superimposed on a positive δ13C excursion (Jenkyns et al.,
2002). The Toarcian epicontinental seas are in open connection with the Tethys, thus respired
CO2 can not be expected to accumulate to the same high concentrations as is the case in a
small enclosed marine system as Kyllaren fjord (van Breugel et al., 2005). Therefore, the
recycling of respired CO2 does not seem a likely scenario explaining the negative δ13Cexcursions in the Toarcian sediments.
3.7

Conclusion

A covariance between the stable carbon isotope composition of CO2 and that of the
phytoplankton lipids would be expected when phytoplankton assimilates the respired CO2 at
times that the anoxic, recycled DIC-containing bottom water mixes into the oxygenated
surface water in Kyllaren fjord during fall and early spring of 2001-2003. However, the δ13CCO2 and also the CO2 concentration had no notable effect on the δ13C of the lipids of the
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phytoplankton. Other factors had an opposite and larger effect on the δ13C of the biolipids.
Different sources, with different carbon acquisition pathways give rise to up to 11 ‰ variance
between the distinct biolipids at one season. Both sources and growth rate caused up to 12 ‰
variance for one lipid (for example alkenones) in one year. In the latter case, a general trend
of decreasing εp of all biolipids and of POM from summer to autumn indicates that it is a
common factor that has a dominant influence on the δ13C of the phytoplankton material. The
decreasing εp is likely caused by an increasing nutrient supply, which can be explained by the
same mechanism (autumn storms) that brings respired CO2 in the oxygenated surface water.
These results are in contradiction with the Küspert model as an explanation for the negative
δ13C excursion observed in sediments deposited in epicontinental seas during the Toarcian
OAE.
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APPENDIX I
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HO
1. 24-Nor-methyl-cholesta-5,22-dien3β-ol

R

HO
2. R=H, Cholesta-5,22-dien-3β-ol
6. R=CH3, 24-Methyl-cholesta-5,22dien-3β-ol
12. R=CH2CH3, 24-Ethyl-cholesta-5,22dien-3β-ol (stigmasterol)
R

HO

HO
4. R=H, Cholest-5-en-3β-ol
9. R=CH3, 24-Methyl-cholest-5-en-3βol
16. R=CH2CH3, 24-Ethyl-cholest-5-en3β-ol (sitosterol)

H
5. R=H, 5α(H)-Cholestan-3β-ol
17. R=CH2CH3, 24-Ethyl-5α(H)cholestan-3β-ol

HO

HO

10. 24-Methylene-5α(H),3βcholestanol

HO

H

14. 4α,24-Dimethyl-5α(H)-cholest-22en-3β-ol

HO

H
20. 4α,23,24-Trimethyl-5α(H)-cholest22-en-3β-ol (dinosterol)
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11. 23,24-Dimethyl-cholesta-5,22-dien3β-ol

HO

H
3. R=H, 5α(H)-Cholest-22-en-3β-ol
7. R=CH3, 24-Methyl-5α(H)-cholest22-en-3β-ol

HO
8. 24-Methylene-cholest-5-en-3β-ol

HO
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13. 23,24-Dimethyl-5α(H)-cholest-22en-3β-ol (4-desmethyl-dinosterol)
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HO

18. 24-Ethylene-cholest-5-en-3β-ol

HO

H
21. 4α,23,24-Trimethyl-5α(H)-cholest17(20)-en-3β-ol (peridinosterol)

H

19. 4α-Methyl-14-methylene-5α(H)cholestan-3β-ol

HO

H
22. 4α,23,24-Trimethyl-5α(H)cholestan-3β-ol (dinostanol)

Chapter 4
Reconstruction of δ13C of chemocline CO2 (aq) in past oceans and
lakes using the δ13C of fossil isorenieratene
Yvonne van Breugel, Stefan Schouten, Matthias Paetzel, Jort Ossebaar and Jaap S. Sinninghe
Damsté
Published in Earth and Planetary Science Letters 235, 421-434, 2005
Abstract - High abundances of the diaromatic carotenoid isorenieratene derived from
photosynthetic green sulfur bacteria (Chlorobiaceae) were found just below the chemocline in
an anoxic fjord in Norway, throughout the annual cycle. The stable carbon isotope
composition of this carotenoid co-varied with the δ13C of CO2(aq) and is independent of the
CO2 and isorenieratene concentration. This constant isotopic fractionation (εp) of
isorenieratene versus CO2, 4 ± 1‰, was subsequently used in the reconstruction of δ13C of
CO2 at the chemocline in ancient oceans and lakes. These reconstructions indicate that δ13C of
CO2 at the chemocline is often influenced by isotopically light CO2, formed by mineralization
of organic matter. This process can, depending on the depth and stability of the chemocline,
also effect the isotopic composition of the phytoplankton and, thus, isotopic records of
sedimentary inorganic and organic carbon.
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Table 4.1. The δ13C of isorenieratene derivatives found in lake and marine sediments compiled from the literature, the calculated δ13C-CO2 and the respired DIC
contribution at the chemocline.
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4.1

Introduction

Episodes of anoxic water column conditions were not uncommon in ancient marine
environments, especially in the mid Cretaceous (Arthur et al., 1990) and the Jurassic
(Jenkyns, 1988). Common features of sediments deposited during these so-called oceanic
anoxic events (OAEs) are their high organic carbon contents (>0.5%), distinct lamination and
impoverished benthic fauna. Globally recorded, synchronous changes in the carbon isotopic
composition of organic and inorganic carbon have often been inferred to indicate substantial
changes in the carbon cycle during these OAEs. Several causal links between dysoxic to
anoxic water column conditions and carbon cycle perturbations have been suggested (Kump
and Arthur, 1999). For example, the common interpretation of a positive δ13C excursion in
organic and inorganic carbon during OAEs is increased organic carbon burial under anoxic
conditions (Schlanger and Jenkyns, 1976). Negative δ13C shifts in organic and inorganic
carbon have been explained by release and subsequent oxidation of 13C-depleted methane
from gas hydrates (Dickens, 2000); the oxidation of the methane in the water column could
have triggered anoxia. Alternatively, the process of recycling of CO2 formed by
mineralization of organic matter (i.e., respired CO2) in long-term stratified marine basins
could have played a significant role in determining δ13C of organic and inorganic carbon, as
was suggested for the Toarcian OAE (Küspert, 1982; Schouten et al., 2000). To what extent
this process can affect the isotopic composition of the phytoplankton and, thus, isotopic
records of sedimentary inorganic and organic carbon depends on the varying contributions of
respired CO2 to the dissolved inorganic carbon (DIC) pool and this depends on the depth and
stability of the chemocline. However, at this time, it is difficult to assess the importance of
respired CO2 in marine systems during OAEs, primarily due to a lack of information on δ13C
of CO2 at or below the chemocline, where respired CO2 accumulates (Fry et al., 1991;
Velinsky and Fogel, 1999; Volkov, 2000; van Breugel et al., 2005).
We investigated the possibility of using the stable carbon isotope composition of the
carotenoids derived from the photosynthetic green sulfur bacteria (GSB) (Chlorobiaceae)
(Imhoff, 1995) to determine the contribution of respired CO2. This group of microbes lives
under euxinic conditions within the photic zone, requiring both light and sulfide for their
metabolism. The aromatic carotenoids chlorobactene and isorenieratene and their diagenetic
derivatives (Sinninghe Damsté and Koopmans, 1997) were found in sediments of many
contemporary and ancient stratified marine and lake systems (see Table 4.1 for an overview).
The stable carbon isotope composition of isorenieratane through time is remarkably enriched
in 13C compared to algal lipids (Kohnen et al., 1992; Sinninghe Damsté et al., 1993; Grice et
al., 1996; Koopmans et al., 1996b; Passier et al., 1999; Hartgers et al., 2000; Schouten et al.,
2001). GSB use the reductive tricarboxylic acid (TCA) cycle for CO2 fixation and the keyenzyme, pyruvate synthase (Quandt et al., 1978), has a low discrimination against 13C
compared to the enzyme Rubisco used by most aerobic photoautotrophs (Park and Epstein,
1960). The isotopic fractionation (εp) between CO2 and dry cell material is between –2.5‰
and –12.2‰ for several Chlorobium species (Sirevåg et al., 1977; Quandt et al., 1977). For
in-situ brown-colored phototrophic consortia (P. roseum) composed for substantial part of
Chlorobiaceae in Lake Dagow, Germany, an εp value of 2‰ to 7‰ was measured for
esterifying alcohols of BChl e (Glaeser and Overmann, 2003), a bacteriochlorophyll
synthesized exclusively by the brown strain of GSB (Imhoff, 1995). Van der Meer et al.
(1998) reported a 2‰ to 3‰ 13C-enrichment for isoprenoid lipids (farnesane, chlorobactene)
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of Chlorobium limicola relative to bulk cell material, suggesting that the δ13C of GSB
biomass can be estimated based on the δ13C of their carotenoids. The relatively small
fractionation between CO2 and the characteristic carotenoids of GSB explains why these
components are enriched relative to other lipids deposited in the same environment (see
references in Table 4.1). However, the isotopic compositions of isorenieratane are quite
variable (i.e., between –10.7‰ to –27‰, Table 4.1). The range in stable carbon isotope
compositions may result from either a strong influence of environmental factors such as CO2
concentration and growth rate or simply reflect the variable 13C content of CO2 at the
chemocline as the result of varying contributions of respired CO2 to the available DIC-pool. It
is difficult to make this distinction, since no studies on the controls of the isotopic
fractionation of GSB, containing isorenieratene, have been performed.
In this paper we have assessed the influence of large variations in CO2 concentrations
13
and δ C at the chemocline in a stratified Norwegian fjord on the δ13C of carotenoids
produced by a natural population of GSB. The water circulation in this 29 meter deep fjord
(Kyllaren) on the west coast of Norway (62°N, 5°E) is restricted by the permanent salinity
stratification and the narrow, shallow connection to the Norwegian Sea (Fig. 2.2). The results
are used to determine the δ13C of CO2 at the chemocline in ancient stratified marine basins.
Implications for the extent of recycling of respired CO2 are discussed.
4.2

Methods

4.2.1

Sampling.
Water samples for dissolved inorganic carbon concentration ([DIC]) and the stable
carbon isotope ratio of DIC (δ13CDIC) as well as the particulate organic carbon filters for
carotenoid analysis were taken at a fixed sample position in Kyllaren fjord at the depocentre
(28 m water depth), except for the sampling in February 2003. At this time, ice covered about
70% of the fjord and the regular sample position could not be reached. Instead, samples were
taken at a position closer to the south-east coast where maximum water depth is 22.5 m (Fig.
2.2). Duplicate water samples were taken with a Niskin bottle from the water column at 0 m
(surface), 2, 4, 6, 8, 10, 15, 20 and 25 m depth for [DIC] and δ13CDIC measurements.
For determination of carotenoids, water was pumped into a 20 l pressure tank with a
12V car-battery operated pump. 10 l of water were filtered over pre-combusted (400°C) 0.7
μm glass fiber filters in a 150 mm in-line filter-holder. The filters were packed in aluminum
foil and kept frozen in the dark.
4.2.2

Carotenoid analyses.
The filters were freeze-dried before analysis. All subsequent work was done in a
darkened room. Filters were extracted three times with cooled picograde acetone. The solvent
was evaporated with a rotary evaporator and the extract was cleaned over a small silica
column with dichloromethane as the eluent. The obtained so-called apolar carotenoid
fractions were evaporated to dryness, weighed and redissolved in acetone with a concentration
0.5 to 1 mg ml-1. The apolar carotenoid fractions were analyzed on a HP 1100 series liquid
chromatography mass spectrometry (LC-MS) equipped with an auto-injector, photodiode
array detector, mass detector, and Chemstation chromatography manager software. Separation
was achieved on a HP XDB-C18 column (2.1 × 120 mm, 5 μm particles), maintained at 30°C,
with a gradient from methanol/water (4:1, v/v) to acetone/methanol/water (19:1:1, v/v/v) in 50
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min. The total run time was 60 min. Detection was achieved by in-line UV/VIS-detection and
atmospheric pressure positive ion chemical ionization mass spectrometry (APCI-MS) of the
eluent. Conditions for APCI-MS were as follows: nebulizer pressure was set at 60 psi, the
vaporizer temperature was 325°C, drying gas (N2) was delivered at 7 l min-1, the capillary
voltage was -3 kV, and the corona needle was set at 6 μA. Compounds were identified from
their retention times, UV/VIS-spectra (250-700 nm) and APCI-mass spectra (m/z 100-1000).
Isorenieratene was quantified based on UV response by comparing the peak area at 454 nm to
peak areas at 454 nm of known amounts of an authentic β-carotene standard (Aldrich).
4.2.3

Compound specific isotope analysis.
To determine the stable carbon isotope compositions of the carotenoids, the apolar
carotenoid fractions were hydrogenated with PtO2 in ethyl acetate and acetic acid (1:1, v/v).
The hydrogenated fraction was filtered over a small column of alumina oxide (activated for 2
h at 150°C) using hexane/dichloromethane (9:1, v/v) as the eluent to obtain a fraction
containing the hydrogenated carotenoids. The δ13C of the hydrogenated carotenoids was
determined using a Finnigan DELTA-C isotope-ratio-monitoring gas chromatography MS
(irmGC-MS) system. A fused silica capillary column (25 m × 0.32 mm) coated with CP-Sil 5
(film thickness 0.12 μm) was used with helium as carrier gas. The samples were dissolved in
hexane and injected at 70°C. Subsequently, the oven was programmed to 130°C at 20°C min-1
and then at 4 °C min-1 to 320°C at which it was maintained for 20 min. The δ13C values for
individual compounds are reported in the standard delta notation against Vienna Pee Dee
belemnite (VPDB) standard and are the means of duplicate runs with differences between
runs varying from 0.2‰ to 1.1‰.
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Figure 4.1. Concentration profile of isorenieratene,
β-isorenieratene and β-carotene in Kyllaren fjord,
Norway, in August of 2001. The horizontal dashed
line indicates the position of the chemocline at that
time.

Results

The position of the chemocline in Kyllaren fjord is at ca. 3.5 m depth in the water
column during the largest part of the year (Fig. 2.3). In early summer 2002 the chemocline
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moved below 4 m depth and in winter 2002-2003 the chemocline shoaled to less than 2 m
depth (Fig. 2.3).
The apolar carotenoids detected in the water column of Kyllaren fjord throughout the
year are dominated by isorenieratene, β-isorenieratene and β-carotene, with concentrations up
to 9.2, 3.0 and 4.5 μg l-1, respectively. The concentrations of isorenieratene and βisorenieratene generally peak at 4 m depth, just below the chemocline (Fig. 4.1). However,
this is not the case in June and August of 2002, when the β-carotene concentration peaked at
this depth, and in February and April of 2003 (Fig. 4.2). Interestingly, no regular seasonal
variability is discernable in the studied period. A high concentration of β-carotene (0.8 μg l-1)
is found at 0 and 2 m depth in August of 2001 and at 4 m depth isorenieratene is the dominant
carotenoid with a concentration of 4.9 μg l-1 (Fig. 4.2). In August of 2002 at 4 m depth βcarotene is the dominant carotenoid and the isorenieratene concentration was reduced to 1.2
μg l-1. In April of 2003 the isorenieratene concentration at 4 m depth is still low (0.2 μg l-1) in
contrast to April of 2002 when the concentration is as high as 4.8 μg l-1. At 8 m depth and
below the isorenieratene concentrations are constant at ca. 0.6 μg l-1 throughout the year (data
not shown).
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Figure 4.2. Concentrations of a) isorenieratene (closed symbols) and b) β-carotene (open symbols) in Kyllaren
fjord at 0, 2, 4 and 6 m depth in the period August 2001 to April 2003. Isorenieratene concentrations at 0 and 2
m depth were below the detection limit.
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The δ13C of the carotenoids was determined for particulate organic matter (POM)
samples at 4 m depth with relatively high carotenoid concentrations (Table 4.2).
Isorenieratene and β-isorenieratene exhibit strikingly low δ13C values in August and
November of 2001 and in April of 2002 (–29‰ to –32‰). In August, September and October
of 2002, the δ13C of isorenieratene and β-isorenieratene increased by ~5‰ (Table 4.2, Fig.
4.3). The 13C content of β-carotene is similar to isorenieratene in the months August and
November of 2001, but in August of 2002 the δ13C of β-carotene is depleted in 13C by ca.
10‰ relative to isorenieratene and β-isorenieratene (Fig. 4.3).
4.4

Discussion

4.4.1

Origin of the carotenoids in Kyllaren fjord.
The high abundances of isorenieratene and β-isorenieratene are an indication that
brown strains of GSB thrive at 4 m depth in Kyllaren fjord (Liaaen-Jensen, 1978). The brown
strains of GSB produce typically isorenieratene and β-isorenieratene, whereas the green
colored strains produce predominantly chlorobactene (de Wit and Caumette, 1995). A
substantial shift in the microbial community at 4 m depth occurred in June of 2002 as
indicated by the shift in carotenoid distribution from predominantly isorenieratene to
predominantly β-carotene (Fig. 4.2). At this time the chemocline, and consequently the
ecological niche for the GSB, moved below 4 m depth (Fig. 2.3). Microscopic observations
indicate a high density of a Euglena species. The Euglena bloom at 4 m depth in June of 2002
is, therefore, a likely source for β-carotene at this time, which fits with its substantially
depleted δ13C value (–35.3‰) consistent with the larger fractionation associated with the
enzymatic fixation by Rubisco. Heterotrophic growth of the Euglena sp. seems not likely, as
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Figure 4.3. δ13C of CO2 (aq) (van Breugel et al., 2005) and of isorenieratene, β-isorenieratene and β-carotene at
4 m depth in Kyllaren fjord in the period August 2001 to April 2003.

we would expect a δ13C value similar or slightly 13C-enriched relative to their diet (Klein
Breteler et al., 2002), and we found no potential food-source with a similar δ13C value as that
of Euglena. In August and November of 2001, the δ13C of β-carotene is similar to that of
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isorenieratene and β-isorenieratene, suggesting that all apolar carotenoids are derived from
GSB. Indeed, GSB can produce β-carotene (de Wit and Caumette, 1995).
Table 4.2. δ13C (in ‰ vs. VPDB) of carotenoids at 4 m depth in Kyllaren fjord and the calculated fractionation
factor εp vs. CO2(aq).
Sampling
date

Julian
Day

21-08-’01
01-11-’01
18-04-’02
03-06-’02
08-08-’02
27-09-’02
19-10-’02
07-02-’03
03-04-’03

1
71
238
283
348
397
419
527
583

CO2(aq)
δ C (‰)
13

–27.4
–26.0
–26.6
–13.8
–21.4
–21.5
–19.7
–26.9
–27.4

isorenieratene
δ C (‰)
εp (‰)

β-isorenieratene
δ C (‰)
εp (‰)

β-carotene
δ C (‰)
εp (‰)

–30.2 ± 1.1
–30.3 ± 1.0
–31.8 ± 0.2
n.a.
–25.4 ± 0.8
–24.6 ± 0.6
–26.0 ± 1.0
n.a.
n.a.

–28.7 ± 0.7
–29.5 ± 0.9
–31.2 ± 0.1
n.a.
–24.9 ± 0.5
–24.8 ± 1.0
–25.8 ± 0.8
n.a.
n.a.

–31.1 ± 0.8
–30.8 ± 1.0
n.a.
n.a.
–35.3 ± 0.2
–27.5 ± 0.5
n.a.
n.a.
n.a.

13

2.9
4.5
5.4
4.1
3.2
6.5

13

1.4
3.6
4.8
3.6
3.4
6.2

13

3.8
5.0

14.4
6.2

n.a. not analyzed

4.4.2

Carbon isotopic fractionation by GSB.
The δ13C of isorenieratene will be primarily determined by the δ13C of CO2(aq). The
δ13C of CO2 in Kyllaren fjord at 4 m depth varied between –14‰ and –27‰ (van Breugel et
al., 2005). When the δ13C of isorenieratene is plotted against δ13C-CO2 a strong correlation
becomes apparent (Fig. 4.4). The biological isotopic fractionation (εp) for both isorenieratene
and β-isorenieratene versus CO2 at the chemocline was similar and varied for isorenieratane
from 2.9‰ to 6.5‰ (Table 4.2). This small fractionation is consistent with the use of the
reductive TCA cycle as the metabolic pathway of the GSB in Kyllaren fjord. These values are
in accordance with the small εp values (2.5‰ to 4‰) determined for several Chlorobium
species grown in laboratory cultures (Quandt et al., 1977) (Fig. 4.4), assuming that the δ13C of
the carotenoids is similar to the δ13C of whole cell material (van der Meer et al., 1998). With
these data an average εp of 4 ± 1‰ (n=12) was calculated. An εp of 3.5‰ was calculated from
the δ13C of isorenieratene derivatives present in the surface sediment of the Black Sea (–
16.1‰) (Sinninghe Damsté et al., 1993) and the δ13C of CO2 in the Black Sea at 85 m depth
(–12.7‰) (Fry et al., 1991; Goyet et al., 1991), where the isorenieratene concentration peaked
in the water column in 1988 (Repeta et al., 1989; Repeta and Simpson, 1991). The δ13C of
esterifying alcohols of BChl e from in situ brown-colored phototrophic consortia in Lake
Dagow, Germany (Glaeser and Overmann, 2003) and the corresponding in situ δ13C of CO2
also fit this relationship (Fig. 4.6). This is to be expected since van der Meer et al. (1998)
reported similar 13C contents for a carotenoid (i.e., chlorobactene) and the esterifying alcohol
of BChl e (i.e., farnesol) of Chlorobium limicola.
CO2 concentrations in Kyllaren fjord varied from 140 (April of 2002) to 880 µM, but
these variations did not influence εp for GSB. This is in agreement with our expectation that
[CO2] is not a limiting factor for growth below the chemocline where respired CO2 has
accumulated (Fry et al., 1991). A correlation between the isorenieratene concentration and εp
is also not evident, suggesting that growth rate is not a determining factor, as is the case for
marine algae (Popp et al., 1998). It should be noted, though, that εp could not be determined
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in waters with low concentrations of isorenieratene in February and April of 2003, when it is
likely that growth rates were at their lowest. However, our results combined with culture
(Quandt et al., 1977) and other field studies (Sinninghe Damsté et al., 1993; Glaeser and
Overmann, 2003) suggest that the dominant factor determining the δ13C of isorenieratene is
the δ13C of CO2. The 13C-fractionation of pyruvate synthase used by GSB seems insensitive to
external environmental factors, or no limiting external factors persist in the chemocline
environment. This indicates that the δ13C of isorenieratene can be used to calculate δ13C of
CO2 at the chemocline in past environments, using the εp value of 4‰ established by our
study.
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Figure 4.4. The stable carbon isotope compositions
of isorenieratene from in situ GSB (Kyllaren fjord)
and δ13C of cell-material from cultures of GSB
(Quandt et al., 1977) display a 1 to 1 co-variance
with the δ13C of CO2(aq). The δ13C for
isorenieratene in the Black Sea surface sediment
(Sinninghe Damsté et al., 1993) and of esterifying
alcohols of BChl e from in-situ brown-colored
phototrophic consortia in Lake Dagow, Germany
(Glaeser and Overmann, 2003) fit this relationship.

Reconstruction of past δ13C-CO2 (aq) at the chemocline of stratified marine
basins and lakes.
Isorenieratene derivatives have been detected in euxinic sediments throughout the
geological record up to the Late Ordovician, and their δ13C values have often been measured
to confirm their origin from GSB. Because aryl isoprenoids, diagenetic products formed by CC cleavage (Summons and Powell, 1986), might be partly derived from β-carotene
(Koopmans et al., 1996b), the only confident confirmation of the occurrence of GSB at the
time of deposition is the presence of (possibly aromatized) C40 diaryl isoprenoids, enriched in
13
C relatively to other lipids. These cases, compiled in Table 4.1, show a δ13C range for
isorenieratene derivatives of –11‰ to –27‰ over the last 450 My. From these data, the δ13C
of CO2 at the chemocline can be estimated using our determined εp value (Table 4.1). The
estimated δ13C of chemocline CO2 in lakes and in Kyllaren fjord is low (–14‰ to –23‰)
compared to that in marine palaeoenvironments (–7‰ to –16‰), suggesting a substantial
contribution of respired CO2. The accumulation of respired CO2 in relatively small basins of
lakes and fjords is well known (Quay et al., 1986; Bernasconi and Hanselmann, 1995;
Wachniew and Rózanski, 1997; Velinsky and Fogel, 1999), and is ascribed to the restricted
water circulation.
The range of the estimated δ13C values of chemocline CO2 in marine
paleoenvironments does not immediately suggest a contribution of respired CO2. To assess if
respired CO2 accumulated and contributed to the CO2 at the chemocline in these
4.4.3
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paleoenvironments, the δ13C-CO2 chemocline needs to be compared to the δ13C-CO2 of surface
waters in equilibrium with atmospheric CO2 (atm). The δ13CDIC of surface waters can be
estimated using the average δ13C values of carbonate minerals (Hayes et al., 1999), by
correcting for the average isotopic depletion of carbonate minerals relative to DIC (~1.2‰,
Fig. 4.5). The δ13C-CO2 can then be calculated from δ13CDIC by calculating the εp for the
equilibrium between CO2 and HCO3¯ (Mook et al., 1974) and with the assumption that
δ13CDIC ≈ δ13C-HCO3¯. As this fractionation is temperature dependent, we use surface
temperature boundary conditions between 3 and 30°C (so that εp is 11.6‰ to 8.4‰). The
δ13C-CO2 (atm) ranges from –2.7‰ to –11.7‰ and is indicated in Fig. 4.6 by the gray shaded
area. The CO2 at the chemocline is, with few exceptions (Messinian Gessoso solfifera Fm.,
Permian Holy Cross Mountains and Duvernay Fm.), always 13C-depleted compared to CO2
(atm) (Fig. 4.6), indicating a contribution of respired CO2 at the chemocline in these marine
paleoenvironments.
DIC in equilibrium
with atmosphere CO2
Chemocline DIC

Figure 4.5. Schematic overview of carbon isotopic
relationships between (fossilized) isorenieratene,
dissolved CO2, dissolved inorganic carbon (DIC),
both at the surface and at the chemocline,
sedimentary organic carbon (TOC) and carbonate
minerals. Modified after Hayes et al. (Hayes et al.,
1999).
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The contribution of remineralized organic carbon to the dissolved inorganic carbon
(DIC) pool at the chemocline can be estimated with the use of the following isotopic and
concentration mass-balance equations (Eqs. 4.1 and 4.2),

δ 13C chem × [ DICchem ] = δ 13C atm × [ DICatm ] + δ 13C resp × [ DICresp ]

4.1

[ DICchem ] = [ DICatm ] + [ DICresp ]

4.2

with DICchem = chemocline DIC, DICatm = DIC in equilibrium with atmospheric CO2 and
DICresp = DIC formed by remineralization of organic carbon (‘respired’ DIC). Equations 4.1
and 4.2 can be rearranged to yield the following equation (Eq. 4.3) to calculate the respired
DIC contribution.

Respired DIC contribution :

[ DIC resp ]
[ DICchem ]

× 100% =

δ 13C chem −δ 13C atm
× 100%
−δ 13C atm +δ 13C resp

4.3

We used the stable carbon isotope composition of sedimentary organic carbon (δ13CTOC) as an
estimate for the isotopic composition of respired DIC (Fig. 4.5). A range of δ13CTOC values
was used when parallel measurements of δ13CTOC and the δ13Cisorenieratane were not available
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(Table 4.1). When no δ13CTOC values were available at all, average δ13C values of marine
organic carbon for that time period, as compiled by Hayes et al. (1999), were used. To
convert the δ13C-CO2 chemocline (Table 4.1) into δ13C-DICchemocline (Mook et al., 1974),
palaeotemperatures were estimated (Table 4.1) based on SST proxies and palaeolatitude, with
a ±5°C uncertainty range, and the assumption was made that δ13C-DIC ≈ δ13C-HCO3-.
Calculated in this way, respired DIC contributions at the chemocline are ca. 40% in Kyllaren
fjord and in all lakes, except Ace Lake. In the marine paleoenvironments, respired DIC
contributions at the chemocline varied from 0 to a maximum of ca. 30%.
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Figure 4.6. The reconstructed δ13C of CO2 at the
chemocline of stratified marine and lacustrine
basins, calculated from fossilized isorenieratene
(Table 4.1) plotted versus time (up to the Late
Ordovician). The δ13C of surface water CO2 (gray
shaded area), reconstructed from carbonate data
compiled by Hayes et al. (1999) and Veizer et al.
(Veizer et al., 1999), and assuming a temperature
range from 3 to 30°C, is plotted for comparison.
With exception of few cases, the δ13C of
chemocline CO2 is depleted relative to the δ13CCO2 (atm) because of the contribution of respired
CO2 in these environments.

We tested this proxy on two modern-day settings. In the Black Sea, the δ13C of fossil
isorenieratene of three time-intervals were measured (0-1000, 1000-1200 and 5200-6200
yBP) (Sinninghe Damsté et al., 1993). The respired DIC contribution at the chemocline (3%
to 13%), calculated with the δ13C of isorenieratane in the most recent sediments, is consistent
with the present-day respired DIC contribution (12%), as calculated with the isotopic and
concentration mass-balance equations (Eqs. 4.1 and 4.2) and the in-situ DIC data of a cruise
in 1988 (Fry et al., 1991; Goyet et al., 1991). Earlier in the Black Sea history (i.e., 1200 yBP
and 6200 yBP), respired DIC contributions at the chemocline were 0-8% and 9-19%,
respectively. These calculations suggest that our proxy gives reasonable estimates for the
contribution of respired DIC at the chemocline in ancient Black Sea-like environments.
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Another test can be made with a smaller anoxic basin, i.e., Kyllaren fjord. The contribution of
respired DIC at the chemocline, calculated as described above with isorenieratene in
sediments dated at ~1800 AD (Smittenberg et al., 2004), was 38-43%. This is less than the
average 74% calculated from isotopic DIC data of the chemocline during the period20012003 (van Breugel et al., 2005). A possible explanation for this discrepancy is that the
isotopic composition of the sedimentary organic carbon (ca. –26‰) was not similar to that of
the respired CO2 as is assumed in our approach, but is relatively depleted in 13C in Kyllaren
fjord (van Breugel et al., 2005). The high terrestrial (refractory) organic carbon contribution
to the sediment (Smittenberg et al., 2004) is probably responsible for the lower δ13C values in
the sediment relative to δ13C of aquatic organic matter. When –20‰ is employed for respired
carbon (DICresp), the calculated contribution of DICresp at the chemocline is 46-53%, still not
as high as we found during 2001-2003. The shoaling of the chemocline position, and
increasing stabilization of the stratification in the fjord since the building of dams in the
connecting channel of Kyllaren fjord with the open sea in 1954 and 1988 (Smittenberg et al.,
2004), is likely to have caused the increase in respired DIC contribution at the chemocline
since 1800 AD. Apart from the Mediterranean, the Black Sea and the two North Atlantic OAE
2 sites, all locations where fossilized isorenieratene was found were lacustrine, lagoonal or
shallow marine, so that a terrestrial contribution to δ13CTOC can be expected. In these cases,
the respired DIC contributions at the chemocline might be underestimated, as marine derived
organic matter is generally depleted in 13C relative to DIC by 25‰ (Rau et al., 1996) and
terrigenous organic matter is generally depleted in 13C relative to DIC by 25‰ (Rau et al.,
1996) and terrigenous organic matter typically exhibits δ13C values of –28‰ to –32‰
(Tyson, 1995; Lockheart et al., 1997). The estimates for the contribution of respired CO2 in
Table 4.1 should thus be considered as conservative.
4.4.4

Temporal and spatial variations in respired DIC contributions in
paleoenvironments
Variations in the respired DIC contributions with time seem to have occurred in most
palaeoenvironments for which data are available, as in the Messinian Vena del Gesso Basin
(Gessoso-solfifera fm.), in the Early Jurassic basin along the Tethyan continental margin
(Allgäu), in the Permian Lower Rhine Basin and in the Frasnian/Famennian carbonate shelf
sea (Holy Cross Mountains), and could signify either a change in the depth of the chemocline
position or a change in the stability of the stratification in the basin resulting from changes in
palaeoproductivity or palaeocirculation in the euxinic environments. For example, a detailed
examination of the nature of change at the chemocline with time can be made with previously
published δ13Cisorenieratane record of the Messinian Gessoso solfifera Formation (Kenig et al.,
1995). We calculated a general increase in the respired DIC contribution at the chemocline
with the progressing evaporitic conditions (Fig. 4.7). This would be in agreement with the
idea that due to evaporation the water levels lowered in this shallow lagoonal system and thus
respired CO2 would have an increasing impact on the carbonate system.
We also find a contribution of respired DIC to the chemocline in the proto North
Atlantic, calculated from the δ13C of isorenieratane deposited during or prior to OAE-2.
Because of the widespread occurrence of ocean anoxia, respired DIC contributions at different
localities can be compared. Our calculations show that the relative contribution was similar at
the different localities, even in the abyssal Cape Verde Basin (Table 4.1), and also similar to
that in the present-day Black Sea. Thus, our results suggest that during OAE-2 oceanographic
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conditions in large parts of the proto North Atlantic were comparable to those of the presentday Black Sea.
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Figure 4.7. Respired DIC contribution at the
chemocline calculated from S-bound isorenieratane
in 8 samples from a marl bed of one evaporitic
cycle (IV) of the Gessoso-solfifera Formation,
Italy. The range of the calculated respired DIC
contribution (gray shaded area) is determined by
the range in palaeotemperature estimates (20 to
30°C) and the average standard deviation of δ13C of
inorganic carbon for this time period (Hayes et al.,
1999). Diamonds represent the concentration of
isorenieratane, corrected for the extent of
sulfurization
(Kenig
et
al.,
1995).

Summary and conclusion

The biological carbon isotope fractionation, εp, of isorenieratene and β-isorenieratene
versus CO2 by photosynthetic GSB displays an annual average of 4‰ (±1.5 ‰) in the anoxic
Kyllaren fjord, independent of CO2 concentration and growth rate, and is similar to that in
cultures of GSB. We applied this εp to calculate δ13C of chemocline CO2 (aq) in ancient
stratified marine and lacustrine environments from previously determined δ13C of fossilized
isorenieratene. The reconstructed δ13C of chemocline CO2 ranges from –7‰ to –16‰, in the
different marine paleoenvironments where isorenieratene derivatives were found, and even
down to –23‰ in lake settings. The contribution of respired DIC to DIC at the chemocline
was estimated, using the δ13C of sedimentary organic carbon as an estimate for respired DIC
and the carbonate δ13C as a proxy for surface water DIC in equilibrium with atmospheric
CO2. We found maximum respired DIC contributions (~40%) in (semi) enclosed
environments such as the lakes and Kyllaren fjord. In the ancient marine basins, respired DIC
contributions varied from 0% to 30%, with substantial temporal and spatial variations.
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Chapter 5
Isorenieratane record in black shales from the Paris Basin, France:
Constraints on recycling of respired CO2 as a mechanism for negative
carbon isotope shifts during the Toarcian oceanic anoxic event.
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Sinninghe Damsté
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Abstract - The prominent negative stable carbon isotope excursion in both carbonate and
organic carbon recorded in organic-rich sediments deposited during the Toarcian oceanic
anoxic event (OAE) has commonly been explained by recycling of 13C-depleted CO2 (the socalled Küspert model). More recently, the massive release of 13C-depleted methane from gas
hydrates was also proposed to account for the observed negative δ13C excursions in organic
carbon of terrigenous as well as of marine origin. The occurrence of diagenetic products of
the carotenoid isorenieratene (isorenieratane and other aryl isoprenoids) in Toarcian black
shales has been regarded as supporting evidence for the Küspert hypothesis as they point to
strong stratification of the epicontinental seas. A section of a drill-core straddling the Toarcian
of the Paris Basin (Cirfontaine-en-Ornois) contained intact isorenieratane, providing evidence
that photosynthetic green sulfur bacteria were present at the time of deposition, even prior to
the OAE. However, the isorenieratane abundances are very low in the section where the
negative δ13C excursion in organic carbon and phytane, a chemical fossil derived from
chlorophyll, occurs. The abundance of the isorenieratene derivatives increase, once the δ13Crecords have shifted to more positive values. The δ13C of isorenieratane (generally ca. –13.1 ±
0.5‰) indicates that the respired CO2 contribution at the chemocline was low and is, thus, not
likely to be the main cause of the prominent 3‰ negative δ13C shift in Toarcian organic
carbon records.
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5.1

Introduction

The early Toarcian was characterized by widespread deposition of organic carbon-rich
sediments, as evidenced from the sedimentary record at many European locations and also
from areas such as western Canada, Japan, Madagascar, Argentina and the Arctic slope
(Jenkyns, 1988; Jenkyns et al., 2002). Lower Toarcian strata of the falciferum Zone are, in
some cases, also characterized by substantially 13C-depleted organic carbon (–31‰ to –32‰)
(Jenkyns and Clayton, 1986; Jenkyns, 1988; Vetö et al., 1997), a feature which is inconsistent
with the concept of organic carbon burial during an “oceanic anoxic event” (OAE), which
typically results in a positive carbon isotope excursion (Arthur et al., 1990). In fact, isotopic
profiles from selected, shallow marine epicontinental sedimentary successions of the Toarcian
of Europe exhibit striking, negative δ13C excursions in bulk organic carbon and/or carbonate
(Jiménez et al., 1996; Jenkyns and Clayton, 1997; Röhl et al., 2001; Kemp et al., 2005).
Concomitantly with the marine isotopic records, negative shifts in δ13C are also recorded in
fossil wood from Toarcian sections in Whitby, UK (Gröcke et al., 1999) and Bornholm,
Denmark (Hesselbo et al., 2000). These records have led to the hypothesis that this
widespread negative δ13C shift was caused by massive methane release from sedimentary gas
hydrates (Hesselbo et al., 2000) or by thermal metamorphism of pre-existing organic deposits
(McElwain et al., 2005), in a similar fashion with prevailing hypotheses for the PaleoceneEocene thermal maximum (Dickens et al., 1995; Svensen et al., 2004). Such models imply
that the negative δ13C excursion of the early Toarcian is a globally occurring phenomenon.

Oceanic crust
Epicontinental seas and margins
Emerged lands
Active spreading ridges
Ocean subduction
Present day coastlines

Figure 5.1. Toarcian 180 Ma paleocoastline map (Hay et al., 1999), paleogeographical frame of the drill-core
site (Mattioli et al., 2004b) and the location of the drill-site in France (inset).

However, no evidence of such an excursion has hitherto been reported from outside the
northwestern Tethys epicontinental seas. Moreover, the excursion is absent in the Toarcian
belemnite δ13C record of Yorkshire, UK and Dotternhausen, SW Germany (van de
Schootbrugge et al., 2005), whereas the development of black shales in northern and southern
European sites and in Tibet appears off-phase in relation to broadly corresponding mass
extinction events. Therefore, it is questionable if a single, world-wide trigger mechanism
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(such as widespread methane release) was responsible for the isotopic anomalies recorded
during the early Toarcian (Wignall, 2005).
It has been suggested that sharp negative isotopic excursions in marine sediments can
also be produced as a direct consequence of recycling of 12C-rich CO2, accumulated in a
stratified marine system by anaerobic respiration of organic matter (Küspert, 1982). The
presence of biomarkers derived from green sulfur bacteria (GSB) in black shales representing
the Toarcian OAE reveal that marine anoxia extended well into the photic zone, a fact that
supports the recycling model of Küspert (Schouten et al., 2000; Schwark and Frimmel, 2004).
GSB are photosynthetic organisms and require both light and hydrogen sulfide. The
carotenoid isorenieratene has only been detected in GSB and is thus an unambiguous
biomarker for photic zone anoxia. Its diagenetic product, the C40 diaryl isoprenoid
isorenieratane, can be found in sediments as old as Ordovician, as long as the organic material
is not too thermally mature (Koopmans et al., 1996a). Catagenetic (higher temperature)
processes yield small-chain aryl isoprenoids due to C-C bond cleavage of the C40 compounds
derived from isorenieratene (Koopmans et al., 1996a). Evidence for the formation of aryl
isoprenoids from the common algal β-carotene (Koopmans et al., 1996b) limits their use as
biomarkers for GSB, and unequivocal evidence for photic zone anoxia is therefore limited to
(aromatized) C40 diaryl isoprenoid compounds. However, the occurrence of photic zone
anoxia in the Toarcian has been based on the findings of mainly aryl isoprenoids in a black
shale of Dotternhausen (Schwark and Frimmel, 2004), whilst only very low abundances of
isorenieratane, due to the relatively high maturity level, have been observed in the same
section (Schouten et al., 2000).
In this paper, we examine a drill-core section from the Paris Basin that is likely to
contain organic carbon of lower thermal maturity, similar to other Toarcian sites in the Paris
Basin (Farrimond et al., 1989; Hollander et al., 1991), and hence is more liable to contain the
C40 diaryl isoprenoids. Detailed analyses of the relative abundance and δ13C record of
isorenieratane were used in conjunction with isotopic records of bulk organic carbon and
phytane (a phytoplankton-derived biomarker), in order to shed further light on stratification
conditions during the Toarcian OAE, and by extension, on the applicability of the Küspert
model for this event.
5.2

Material and methods

5.2.1

Core material
Core material was analyzed from borehole HTM 102 drilled in 1994 by the Agence
Nationale pour la gestion des Déchets Radioactifs (ANDRA) in the northeast of the Paris
Basin (Cirfontaine en Ornois, Lorraine). The Paris Basin was part of a shallow northern
epicontinental sea (Boreal Realm; Fig. 5.1) (Jenkyns, 1988). Because of the occurrence of
tempestites, the estimated maximum water depth for the studied setting was between 50 and
100 m. The Toarcian core section comprises 18 m of mainly laminated mudstone, overlying a
lowermost part that comprises wackestone and packstone (limestone characterized by a grainsupported texture, together with a lime-mud matrix), both rich in bivalves, belemnites and
ammonites (Fig. 5.2). According to sedimentological and biostratigraphic evidence, an
important condensation event seems to have affected the basal part of the core. The section
below 806.15 mbsf belongs to the nannofossil subzone L. sigillatus, predating the Toarcian
OAE (NJT 5b; Mattioli and Erba, 1999). The boundary between this subzone and the
following NJT 6 C. superbus Zone (or, NJ 6 of: Bown and Cooper, 1998) is slightly
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questionable, as the species marker occurs very sporadically in the studied samples from
806.03 mbsf upwards. Nevertheless, the first occurrence (FO) of L. velatus, which in many
other sections occurs in the same stratigraphic level as C. superbus, can be of biostratigraphic
use in locating the base of NJT 6. The FO of D. ignotus (806.09 mbsf in the HTM 102 core) is
commonly recorded in the interval corresponding to the second half of the isotopic negative
excursion, where the bulk organic matter content in the sediments decreases (Bucefalo
Palliani and Mattioli, 1998; Bucefalo Palliani et al., 2002; Mattioli et al., 2004a). This record
therefore places the core section in a biostratigraphic interval comparable to other Early
Toarcian Tethyan sections.
5.2.2

Bulk analyses
Powdered rock samples were acidified with dilute HCl at ambient temperature to
remove carbonate. Depending on the original TOC contents of each sample, between 0.2-1.6
mg of the washed and dried carbonate-free residues were weighed in tinfoil cups. Organic
carbon contents and carbon isotope ratios were measured against a benzoic acid laboratory
standard (%C = 68.80, δ13C value of –27.8‰), calibrated against the NBS22 standard (δ13C
value of –29.5 ± 0.02‰), on a Flash elemental analyzer coupled to a Deltaplus mass
spectrometer. All analytical results are presented in the usual δ notation, in per mil relative to
the Vienna Pee Dee belemnite (VPDB) standard.
5.2.3

Biomarker analysis
Powdered samples were extracted with a dichloromethane (DCM)/methanol mixture
(9:1, v/v) using an accelerated solvent extractor (ASE), in three cycles under conditions of
100°C and 1000 Psi (5 min static, 100% flush, 90 s purge). Total lipid fractions, to which the
internal standard C22 ante-iso alkane was added for quantitative analyses, were separated on a
column (volume ca. 20 ml) packed with Al2O3 (activated for 2 h at 150°C), via successive
elution with hexane/DCM (9:1, v/v; 4x column volume) and methanol/DCM (1:1, v/v; 3x
column volume), to yield apolar hydrocarbon fractions and polar fractions, respectively. The
apolar fractions were analyzed by gas chromatography (GC) and GC-mass spectrometry (GCMS), for identification of the apolar compounds and quantification of isorenieratane, and
subsequently separated and purified for isotope-ratio-monitoring (irm) GC-MS. To that end,
the apolar fractions were separated over an Ag+-impregnated silica column (ca. 1 ml) with
hexane/DCM (9:1, v/v), hexane/DCM (1:1, v/v) and DCM, to yield an aliphatic hydrocarbon
fraction containing phytane and the third fraction containing isorenieratane. The aliphatic and
aromatic hydrocarbon fractions were analyzed using isotope irmGC-MS.
5.2.4 Gas chromatography.
GC analyses were performed on extracts dissolved in hexane, using a Hewlett-Packard 5890
or 6890 instrument equipped with a flame ionization detector (FID) and an on-column
injector. A fused silica capillary column (25 m x 0.32 mm) coated with CP-Sil 5 (film
thickness 0.12 μm) was used with helium as carrier gas. The oven was programmed at a
starting (injection) temperature of 70°C, which rose to 130°C at 20°C min-1 and then to 320°C
at 4°C min-1, at which it was maintained for 20 min.
5.2.5

Gas chromatography-mass spectrometry.
GC-MS analyses were performed using a Thermofinnigan TRACE gas chromatograph
using conditions as described for GC. The column was directly inserted into the electron
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impact ion source of a Thermofinnigan DSQ quadrupole mass spectrometer, scanning a mass
range of m/z 50-800 at 3 scans per second and an ionization energy of 70 eV. The selective
ion monitoring (SIM 57+133+134)-GC-MS was used in quantification analysis. The peak
intensities of the internal standard C22 ante-iso alkane and isorenieratane were determined
with an m/z 57 and m/z 133+134 scan, respectively, and these were compared after correction.
The correction factors were calculated with the ratio between the SIM-mode peak intensities
and the peak intensities in separate full-scan GC-MS analyses of the C22 ante-iso alkane and
an isorenieratane standard.
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5.2.6

Isotope-ratio-monitoring gas chromatography-mass spectrometry.
The irm-GC-MS system used was a Thermofinnigan Delta C with an HP 5890 GC,
and GC conditions being the same with those described above for routine GC analyses. The
δ13C values for individual compounds are reported in the standard delta notation against the
VPDB standard and are the means of duplicate runs with a reproducibility 0.5‰ or better.
5.3

Results

The δ13C values of total organic carbon (TOC) record an approximately 5 ‰ shift to
more negative values within the basal packstone-wackestone interval (Figs. 5.2, 5.3). TOC
contents increase from ~0.5 wt% in the pre-excursion (i.e., pre-OAE) interval, to a range of 1
to 10 wt% around the negative δ13CTOC shift and up to 20 wt% thereafter. The carbonate
content fluctuates between 40 and 70 wt% in the lowest 4 m of the section (Figs. 5.2, 5.3) and
decreases to less than 20 wt% at the top 2 m of the core section, where TOC also decreases
and δ13CTOC increases (Fig. 5.2).
The apolar fractions of the analyzed sediments contain mainly pristane, phytane, nalkanes, lycopane and a complex mixture of steroids and hopanoids. The δ13C record of
phytane varies in a similar fashion with that of TOC for most part of the section, except for
the portion preceding the rapid shift at 806.04 mbwh (gray line; Fig. 5.3) where a gradual
δ13Corg shift of ca. 2‰ occurs.
The aromatic fractions contain mainly (poly)aromatic steroids, chroman, diaryl
isoprenoids and aryl isoprenoids. Free isorenieratane and other aromatic isorenieratene
derivatives (Fig. 5.4) appear to be present across the entire section (Fig. 5.2). Isorenieratane
abundances are, however, very low in the lowest 30 cm of the section around the negative
δ13CTOC spike. Abundances of small-chain aryl isoprenoid increase relative to isorenieratane
in the latter section, but their concentrations are also low. Above the interval containing the
negative δ13C spike, isorenieratane abundances increase substantially, in concert with the
upward increase in TOC wt% (Fig. 5.3). δ13C values for isorenieratane could only be
measured in the interval above the negative carbon isotope spike, where abundances were
high enough. The values across this latter interval fluctuate narrowly between –13.1 ± 0.5‰,
except for two values that correspond to stratigraphic depths of 802.9 mbwh (–9.8‰) and
802.2 mbwh (–14.8‰; Fig. 5.2).
5.4

Discussion

Biostratigraphic data based on nannofossil occurrences suggest that the negative
excursion in δ13Corg recorded in the examined section lies in the C. superbus zone, and is
therefore biostratigraphically comparable to other Tethyan settings (NJT 6 or NJ 6; Bown and
Cooper, 1998). In addition, the FO of D. ignotus commonly occurs towards the “recovery”
point of the negative isotopic excursion which commonly coincides with the decrease of
organic-rich strata marking the OAE (Bucefalo Palliani and Mattioli, 1998; Bucefalo Palliani
et al., 2002; Mattioli et al., 2004a). The stratigraphic position of the negative δ13C excursion
at the base of the organic-rich sediments is also comparable to that of another section from the
Paris Basin described by Hollander et al. (1991).
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Distinctly negative δ13Corg excursions are frequently used to infer a marked δ13C shift
in the marine DIC reservoir. OM, however, contains an abundance of different constituents,
each with a characteristic carbon isotopic composition influenced by a wide variety of
environmental and physiological parameters. The use of molecular fossils specific to primary
producers greatly reduces the possible effects of source mixing, preservation and diagenesis
on the δ13C values. Phytane is a non-specific biomarker, mainly derived from the phytol
moiety of phytoplanktonic chlorophyll (Didyk et al., 1978; Koopmans et al., 1999). The covariation of the δ13C of phytane with that of TOC (R2 = 0.78) in the examined section,
suggests that the negative δ13C excursion can be ascribed to changes in the δ13C of water
column DIC, assuming that phytoplankton used CO2 as the carbon source and average carbon
isotope fractionation remained the same before and during the event. However, the initial
gradual shift from –25‰ to –27‰ in the δ13Corg record of the packstone (below the gray line
of Fig. 5.3) is not discernible from the δ13C record of phytane. The partly tempestitic origin of
this lower unit (i.e., erosional surface at the base of the core, followed by chaotic fossil
accumulation) suggests that oxygenated water-column conditions were prevalent during its
deposition. It is, therefore, likely that contributions of refractory (allochthonous) organic
material (OM) to the sedimentary OC were relatively greater than those of autochthonous
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marine OM. Terrestrial OM (usually more refractory than marine OM) was also generally
13
C-enriched compared to marine OC in the Toarcian (Vetö et al., 1997). Nevertheless, the
negative δ13C shift starting at 806.03 mbwh is recorded both in the phytane record (–3.3‰)
and in the bulk organic carbon record (–3.7‰).
Isorenieratane is present in low abundances even in the packstone underlying the
interval recording the negative δ13CTOC shift. This packstone unit also contains abundant
winnowed bivalves that indicate a well-mixed water column, whilst the isorenieratane itself
requires euxinic water column conditions during deposition. This paradox was also reported
for the Kimmeridge Clay Formation and the Peterborough member of the Oxford Clay
Formation, and has been explained by intermittent euxinia (van Kaam-Peters et al., 1998;
Kenig et al., 2004). Sedimentological observations in the examined section suggest that even
during the OAE (as represented by the organic carbon-rich interval), laminated black shale
deposits are interrupted by benthic colonization events and bioturbated horizons, similar to the
Lower Toarcian Posidonia Shale in Germany (Röhl et al., 2001). It seems that the conditions
of a well-mixed water column with intermittent euxinia were replaced by long-term stagnant
conditions and bottom-water anoxia, interrupted by short-term oxygenated bottom-water
conditions. Such conditions are collectively favorable for recycling of respired CO2 (‘Küspert
model’), in the form of alternate events of build-up of 13C-depleted, respired CO2 below the
chemocline, and uptake thereof by phytoplankton during mixing events (Küspert, 1982;
Hollander and Smith, 2001). A likely mixing mechanism could be related to periodic storm
events, as suggested by sedimentological features such as ripples observed within intervals in
the mudstone, notably where the organic carbon is also most 13C-depleted (Fig. 5.2).
However, the relative abundance of isorenieratane increases only after the δ13C of TOC and
phytane return to more positive values. If recycling of respired CO2 is indeed the main cause
for the negative δ13C values, an increase in isorenieratane abundance would be expected
either synchronously with or even prior to the negative δ13C excursion.

Relative abundance

C40

C19

C32

C20

Isorenieratane (C40)

C33

Retention time

Figure 5.4. Mass chromatogram (m/z 133 + 134) of the apolar fraction of a representative black shale from the
ANDRA core section.

The isorenieratane δ13C record can be used to estimate the degree of contribution of
respired CO2 at the chemocline (van Breugel et al., 2005). As the carbonate δ13C record is not
particularly robust (large fluctuations between –1.4‰ and 2.1‰ and standard deviation up to
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1.1‰; van Breugel, unpublished results), we use the average of the compiled contemporary
carbonate δ13C values (Hayes et al., 1999) as an estimate for the δ13C value of dissolved CO2
in equilibrium with atmospheric CO2. Considering the uncertainties regarding water
temperature and carbonate δ13C (0.5‰ to 1.8‰), the contribution of respired DIC at the
chemocline would be between ca. 2 and 10% (Fig. 5.5). When compared to other stratified
marine basins (van Breugel et al., 2005), this contribution is relatively small and, therefore,
the potential for the process of respired DIC to have caused the large negative shift in δ13CTOC
is low. However, the respired DIC contribution changes from 0 to a range of 8-16% when the
δ13C value of isorenieratane shifts from –9.8‰ to –14.8‰ between 802.9 and 802.2 mbwh. It
is thus more likely that the observed smaller 1.5‰ negative shift in the δ13CTOC record (and
corresponding 1‰ shift in the δ13C record for phytane) at this specific depth, may have been
caused by recycling of respired DIC.
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Breugel et al., 2005), plotted with the negative
δ13CTOC record.
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5.5

Conclusion

The new isotopic and molecular records presented in this study provide firm indication
that, during the early Toarcian of the Paris Basin, water column anoxia extended into the
photic zone. Corresponding sedimentological and palaeontological evidence, however, also
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requires that either regular or occasional mixing of the water column took place during
deposition. Although these processes may collectively have had a bearing on the observed
δ13C records of marine organic carbon, it seems that recycling of respired CO2 as originally
proposed by Küspert (1982) is unlikely to have been the main cause for the large negative
δ13C shift recorded at the onset of OC-rich sediment deposition during the early Toarcian.
We conclude that a dramatic release of methane into the atmosphere, as proposed by
Hesselbo et al. (2000), Beerling et al. (2002), Kemp et al. (2005) and McElwain et al. (2005)
would be a better alternative mechanism for the large negative δ13C shift at the onset of OCrich sediment deposition during the early Toarcian, as it can also explain the negative δ13C
excursion in fossil wood records (Gröcke et al., 1999; Hesselbo et al., 2000). Although the
lack of a negative shift in belemnite δ13C was recently used as an argument against the gas
hydrate theory (van de Schootbrugge et al., 2005), some models predict that the deep ocean
isotopic signal may have remained unaffected if the source of 13C-depleted carbon was
released rapidly into the atmosphere (Cramer and Kent, 2005). Furthermore, positive δ13C
shifts due to relative changes in burial rates of organic matter versus carbonate (Cramer and
Kent, 2005) can also potentially obscure the preservation of negative isotope signals such as
the one characterizing many early Toarcian sites. The possibility, however, that the negative
carbon isotope anomaly may in fact have been caused by a confluence of mechanisms,
remains a distinct possibility.
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Synchronous negative carbon isotope shifts in marine and terrestrial
biomarkers at the onset of the Aptian oceanic anoxic event-1a:
Evidence for the release of methane into the atmosphere.
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Abstract - A common feature of marine sediments deposited during the Early Aptian oceanic
anoxic event (OAE-1a) is the sharp negative δ13C excursion displayed in the carbon isotopic
records near the onset of the event. Molecular biomarkers from Aptian core sections at two
geographically distal sites (Italy and the Mid Pacific) were examined to elucidate the most
likely causes for this negative ‘spike’. At both sites, increased total organic carbon (TOC) and
decreased bulk carbonate contents characterize the interval recording OAE-1a (variously
referred to as the ‘Selli Level’). The organic material within the ‘Selli Level’ is immature and
dominantly of autochthonous origin, while a terrestrial contribution can be deduced from the
odd-over-even predominance of the C25 - C35 n-alkanes. δ13C values of marine and terrestrial
biomarkers largely co-vary with those of bulk organic carbon, with lowest values recorded at
the base of the organic-rich section. By contrast, sediments surrounding the ‘Selli level’
exhibit very low TOC contents and the extractable OC is predominantly of allochthonous
origin. Hydrous pyrolysis techniques used to obtain an autochthonous, pre-Selli δ13C value for
algal-derived phytane from corresponding sample material yielded a negative δ13C shift of up
to 4‰ at the base of the event. A negative δ13C shift of similar magnitude was also measured
for the terrigenous n-alkanes. The results are collectively best explained by means of a rapid,
massive input of 13C-depleted carbon into the atmosphere and surface oceans, delivered either
via methane produced from the dissociation of sedimentary clathrates, or by widespread
thermal metamorphism of OC-rich sedimentary rocks.
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6.1

Introduction

The oceans have sustained brief periods of widespread deposition of organic matter
(OM) throughout the geological record. These periods have been variously termed ‘Oceanic
anoxic events’ (OAEs; Schlanger and Jenkyns, 1976) and characterized especially the mid
Cretaceous (Barremian–Turonian) and to a lesser degree the Early Jurassic (i.e., the Toacian
OAE). The burial of massive amounts of OM during these events resulted in perturbations in
the global carbon cycle that are reflected in positive carbon isotope excursions in sedimentary
carbonate and organic carbon (Scholle and Arthur, 1980). Remarkably, some of these OAEs
(i.e., in the Toarcian and Aptian) also show a profound negative excursion of up to 6‰ in the
δ13C of sedimentary carbonate and organic carbon at or near the onset of the events
(Menegatti et al., 1998; Erba et al., 1999; Hesselbo et al., 2000). Such negative isotope
excursions have also been recorded during other geological time periods, such as at the
Permian-Triassic boundary (Twitchett et al., 2001; Sarkar et al., 2003) and the Paleocene–
Eocene thermal maximum (PETM, Kennett and Stott, 1991). No consensus has yet been
reached regarding the cause of these negative and geologically abrupt δ13C shifts (i.e. for the
PETM it is estimated to have taken place over <10 ka; Dickens et al., 1995). However, most
studies suggest that a substantial and abrupt input of isotopically light carbon from 13Cdepleted carbon sources, either in the ocean or directly into the atmosphere, is required to
explain these excursions.
Potential processes that could have led to such rapid release of 13C-depleted carbon
include release of methane from either contact metamorphism of organic-rich sediments
(Svensen et al., 2004) and/or the dissociation of gas-hydrates at the ocean floor (Dickens et
al., 1995). For example, large-scale intrusion of mafic melts and resultant thermal
metamorphism in organic-rich sedimentary successions of the Karoo Basin, South Africa, has
recently been proposed as the causal mechanism for the prominent negative carbon isotope
anomaly and increase of the atmospheric CO2 pressure during the Toarcian OAE (McElwain
et al., 2005). On the other hand, gas hydrates in sediments on continental slopes can be
destabilized by a temperature increase of bottom water (Brass et al., 1982; Johnson et al.,
1996), pressure decrease caused by regression or ocean floor uplift (Dickens et al., 1995;
Kvenvolden, 1999; Jahren et al., 2005), or slope instability (Paull et al., 2003). For instance,
during the PETM, elevated deep-sea water temperatures have been directly deduced from a
corresponding δ18O drop recorded in well-preserved benthic foraminifera (Kennett and Stott,
1991; Thomas et al., 2002). The gas hydrate scenario has been frequently invoked to explain
the negative shift in δ13C in sedimentary carbon formed during several paleoenvironmental
perturbations, including the PETM (Dickens et al., 1995), the Toarcian OAE (Hesselbo et al.,
2000; McElwain, 2004), the Aptian OAE-1a (Hesselbo et al., 2000; Jahren et al., 2001), the
Permian-Triassic boundary (Twitchett et al., 2001; Sarkar et al., 2003) and the Oxfordian
opening of the oceanic gateway between the equatorial Tethys-Atlantic and Pacific Oceans
(Padden et al., 2001) (Fig. 1.1).
Recycling of respired CO2 is an alternative explanation for a 13C-depleted carbon
isotope signal in carbonate and organic matter (OM) deposited during the Toarcian (van de
Schootbrugge et al., 2005; Küspert, 1982; Schouten et al., 2000; Schwark and Frimmel, 2004)
and Aptian (Menegatti et al., 1998) OAEs. This process would have operated in a stratified
water column and involves re-mineralization of 13C-depleted OM in the bottom, anoxic layer.
During water column overturn, accumulated 12C-enriched CO2 is brought into the photic zone
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where it can be assimilated by photoautotrophs. Negative isotope anomalies due to re-cycling
are in principle of a localized nature and no effects are expected on the isotopic composition
of terrestrial OM. Several published studies where the negative isotope spike is also reported
for terrestrial OM deposited during the Toarcian and the Aptian OAEs generally rule out this
alternative explanation (Gröcke et al., 1999; Hesselbo et al., 2000; Jahren et al., 2001; Ando
et al., 2002; Heimhofer et al., 2003; Ando et al., 2003).
The Aptian OAE-1a, or ‘Selli Level’, exhibits a negative excursion in the 13C contents
of organic carbon and carbonate in sedimentary rocks deposited in the Tethys (Vahrenkamp,
1996; Grötsch et al., 1998; Menegatti et al., 1998; Brown, 1999; Luciani et al., 2001;
Bellanca et al., 2002; Danelian et al., 2004), the Boreal realm (Brown, 1999), peri-Atlantic
areas (Bralower et al., 1999) and the Pacific (Jenkyns and Wilson, 1999; Price, 2003). Similar
negative δ13C excursions are also documented in terrestrial-derived carbon deposited in
estuarine and near-shore environments of North- and South America (Jahren et al., 2001) as
well as in offshore marine environments of northern Atlantic (Gröcke et al., 1999) and
northwestern Pacific (Ando et al., 2002; Ando et al., 2003). The OAE-1a therefore appears to
be a global event (Fig. 6.1).
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Figure 6.1. Paleogeographic reconstruction at ca. 120 Ma (Hay et al., 1999) showing the Cismon locality (Italy;
A) and Deep Sea Drilling Project (DSDP) Site 463 (Mid Pacific Mountains; B). Estimated paleolatitude for
DSDP Site 463 is approximately 21°S (Dean and Thiede, 1978). Sites where negative δ13C excursions have been
reported in (1) carbonates, (2) bulk OC and (3) terrestrial OC (references in text) are indicated on the map.

At present, no sections containing the OAE-1a have been reported in the literature
where parallel isotopic records for coexisting terrestrial and marine OM are available. The
relative timing for the onset of the negative carbon isotope anomaly in marine and terrestrial
organic matter is of potentially great importance in terms of the exact mechanism of methane
release and oxidation (Jenkyns, 2003). Here, we present a rigorous examination of bulk, as
well as molecular organic geochemical compositions and isotopic signatures for both marine
and terrestrial OM from two different OAE-1a sections: one from the Tethys (Cismon drillcore, Italy) and another from the Pacific Ocean (DSDP Site 463). Compound-specific isotope
results in a stratigraphic context are especially useful as they provide a continuous record of
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changes in primary depositional isotopic signals, regardless of any effects due to diagenetic
overprinting (e.g. Sinninghe Damsté and Köster, 1998; van Bergen and Poole, 2002). We
collectively use these results to critically assess proposed paleoenvironmental models for the
Early Aptian OAE, placing particular emphasis on elucidating the likely causes for the
recorded negative carbon isotope excursions.
6.2

Material and methods

6.2.1

Sample locations.
Sediment samples used in this study were obtained from a core taken in the Cismon
Valley, Southern Alps, Italy (Erba and Larson, 1998), and from Deep Sea Drilling Project
(DSDP) Site 463 (Leg 62) in the Mid Pacific Mountains (Dean and Thiede, 1978). The
sedimentary rocks from Italy were deposited in the Belluno Basin (Herbert, 1992; Hochuli et
al., 1999), situated on the northeastern continental margin of the Tethys Ocean (Fig. 6.1)
(Weissert and Lini, 1991; Menegatti et al., 1998). Lithostratigraphy and chronostratigraphy of
the Italian core are described by Larson and Erba (1999) and Erba et al. (1999). The ‘Selli
Level’ is a 5 m thick hemipelagic layer between 23.6 and 18.77 stratigraphic meter depths
(smd), composed of alternating marlstone or marly limestone on top of a pelagic limestone
(Menegatti et al., 1998). The negative δ13C shift in the carbonate fraction marks the base, and
a positive δ13Ccarb excursion marks the upper part of the ‘Selli Level’ (Erba et al., 1999).
Samples representing 3 cm of section were taken every 20 to 40 cm, providing 35 samples in
total that cover the entire ‘Selli Level’ and the uppermost part of the limestone preceding it.
Linear sediment accumulation rates (LSAR) in the upper 70 m of the Cismon core ranges
from 0.5 to 1.2 cm ky-1 (Erba et al., 1999). LSAR within the ‘Selli Level’ are lower (ca. 0.5
cm ky-1) than in the limestones below and above (ca. 0.9 cm ky-1). Using an average LSAR,
the data-set represents an average resolution of 30 ky, i.e., each sample covers a time-span of
4 ± 2 ky.
Sedimentary rocks from DSDP Site 463 were deposited on the Mid Pacific Mountains
in the Pacific (Fig. 6.1). The ‘Selli Level’ equivalent, according to Larson and Erba (1999),
comprises a 12 m-thick tuffaceous limestone containing a number of discrete organic-rich
horizons. The limestone is highly silicified, and thin volcanic ash layers are present from
623.7 mbsf (meters below sea floor) to 606.7 mbsf, representing approximately 1 My (Dean
and Thiede, 1978). Samples were taken at 25 to 100 cm intervals, 25 in total, covering OAE1a itself as well as the interval immediately preceding the negative δ13C excursion. Using the
average sedimentation rate of 2.7 cm ky-1 (Thiede et al., 1978), each sample interval would
represent a time-envelope between 9 and 37 ky.
6.2.2

Bulk analytical procedures.
Carbonate carbon isotope ratios were determined on powdered bulk-rock samples
from the Italian site, by reaction with orthophosphoric acid at 90ºC, using a VG Isocarb
device and Prism mass spectrometer at the University of Oxford. Weight percent total organic
carbon (TOC) values were determined on the Italian samples using a Strohlein Coulomat 702
device. Samples from both locations were acidified with dilute HCl at ambient temperature to
remove carbonate. Depending on the original TOC contents of each sample, between 5–70 mg
of the dried carbonate-free residues were weighed in tinfoil cups. Carbon isotope ratios of the
Italian samples were measured against a laboratory nylon standard (δ13C value of –26.1 ±
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0.2‰) using a Europa Scientific Limited CN biological sample converter connected to a 2020 stable-isotope gas-ratio mass spectrometer at Oxford University. Carbon isotope ratios of
the DSDP samples were measured against a laboratory NBS22 standard (δ13C value of –29.5
± 0.02‰) on a DeltaPlus Flash-EA (elemental analyzer) mass spectrometer. All analytical
results are presented in the usual delta (δ) notation, in per mil deviation from the Vienna Pee
Dee Belemnite (VPDB) standard.
6.2.3

Extraction and fractionation of extractable organic matter.
The powdered samples (8 up to 128 g) of the Italian core were Soxhlet-extracted with
a dichloromethane (DCM)/methanol (7.5:1, v/v) mixture for 24 h to obtain the total lipid
fractions. Standard thiophene and C22 ante-iso alkane were added to total lipid fractions for
quantitative analyses, and then further separated into aliphatic hydrocarbon fractions,
aromatic hydrocarbon fractions and polar fractions. Respective separations for each sample
were performed on a column (volume 3 to 20 ml depending on total lipid extracted) packed
with alumina powder (activated for 2 h at 150°C), via successive elution with hexane (3×
column volume), hexane/DCM (9:1, v/v; 3× column volume) and methanol/DCM (1:1, v/v;
3× column volume). Saturated and unsaturated compounds in the aliphatic hydrocarbon
fractions were separated using a AgNO3-impregnated silica column (volume 3 ml) eluted with
hexane (3× column volume) and ethyl-acetate (3× column volume) respectively. n-Alkanes
were removed from the aliphatic unsaturated fractions using a 3 ml ‘silicalite’ (powdered
zeolite) column eluted with cyclohexane (West et al., 1990). The n-alkanes were released by
adding concentrated HF to the powdered ‘silicalite’. The acid solution was neutralized with a
saturated Na2CO3-solution and the n-alkanes were extracted with hexane and cleaned over a
AgNO3-impregnated silica column. n-Alkanes with chain length 33 and higher eluted with the
aromatic hydrocarbon fraction and could be isolated with a AgNO3-impregnated silica column
eluted with hexane (3× column volume).
The powdered samples (8 to 15 g) of DSDP Site 463 were extracted with an
accelerated solvent extractor (Dionex ASE 200) with a DCM/methanol (9:1, v/v) mixture to
obtain the total extracts. Total extracts were treated similarly with the Italian samples as
described above.
6.2.4

Hydrous pyrolysis.
Hydrous pyrolysis experiments (Lewan and Ruble, 2002) were performed on four
extracted Cismon sediment samples. The experiments were conducted at 310ºC for 72 h under
hydrous conditions (i.e., water was present) in 72-cc stainless-steel 316 Swagloke reactors at
the US-GS by Dr. M.D. Lewan. The mass of the filled reactors before and after heating shows
that there were no losses due to leakage during the experiments. Each of the four samples
(now in a wet, “muddy” form) was collected from the reactor with a spatula and placed in
open tared Petri dishes. Samples were dried in a vacuum oven (122 mbar) at 40ºC for 20 h
and subsequently analyzed for released biomarkers using methods as described earlier.
6.2.5

Gas chromatography.
GC analyses were performed on extracts dissolved in hexane, using a Hewlett-Packard
5890 (6890) instrument equipped with a flame ionization detector (FID) and an on-column
injector. A fused silica capillary column (25 m × 0.32 mm) coated with CP-Sil 5 (film
thickness 0.12 μm) was used with helium as carrier gas. The oven was programmed at a
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starting (injection) temperature of 70°C, which rose to 130°C at 20°C min-1 and then to 320°C
at 4°C min-1, at which it was maintained for 20 min.
6.2.6

Gas chromatography-mass spectrometry.
GC-MS was performed using a Hewlett-Packard 5890 gas chromatograph interfaced
to a VG Autospec Ultima Q mass spectrometer operated at 70 eV with mass range m/z 50-800
and a cycle time of 1.8 s (resolution 1000). The column conditions and temperature program
were the same as described above for GC analyses.
The 2-Me-hopane index was determined using the peak areas of m/z 383 and m/z 369
of the coeluting compounds C3117β,21β(H)-homohopane and C32 2-methyl-17β,21β(H)hopane (Eq. 6.1, Summons et al., 1999)
m/z (383)
× 100%
m/z (383 + 369)

(6.1)

The odd-over-even carbon number of the n-alkanes was calculated by integration of
mass chromatograms of m/z 57. The Carbon Preference Index (CPI) was calculated for the nalkanes present in the saturated (CPI1; Eq. 6.2) and aromatic hydrocarbon fractions (CPI2; Eq.
6.3).
CPI1 =

1 ⎛ C 25 + C 27 + C 29 + C 31 + C 33 C 25 + C 27 + C 29 + C 31 + C 33 ⎞
+
⎜
⎟
2 ⎝ C 24 + C 26 + C 28 + C 30 + C 32 C 26 + C 28 + C 30 + C 32 + C 34 ⎠

(6.2)

CPI 2 =

1 ⎛ C 31 + C 33 + C 35 + C 37 C 31 + C 33 + C 35 + C 37 ⎞
+
⎜
⎟
2 ⎝ C 30 + C 32 + C 34 + C 36 C 32 + C 34 + C 36 + C 38 ⎠

(6.3)

6.2.7

Isotope-ratio-monitoring gas chromatography-mass spectrometry.
Compound-specific δ13C analyses were performed for the aliphatic saturated
hydrocarbon fractions, the n-alkane fractions and the aromatic hydrocarbon fractions of
samples from Cismon and DSDP Site 463. The isotope-ratio-monitoring GC-MS (irmGCMS) system used is, in principle, similar to the DELTA-S system described by Hayes et al.
(1990). The instrument specifications, column conditions and temperature program were the
same as described above for GC analyses. The δ13C values for individual compounds are
reported in the standard delta notation against VPDB standard and duplicate runs yield a
precision of ± 0.1 to 1.4‰ (average 0.5‰).
6.3
6.3.1

Results and discussion

Abundance and bulk stable carbon isotope composition of inorganic and organic
carbon.
The TOC content of the ‘Selli Level’ in the Cismon core varies from 0.1 to 5.5 wt%
(Fig. 6.2a) whilst the limestone below and above the ‘Selli Level’ generally contains <0.1
wt% TOC. The base of the ‘Selli Level’ lies above the level marking the nannoconid crisis
(Erba, 1994), and coincides with the onset of a negative spike of ca. 3‰ in the isotopic
composition of TOC (δ13Corg) (Fig. 6.2). Concurrent with the excursion in δ13Corg, the
carbonate content decreases from >80 to <10 wt% and its isotopic composition (δ13Ccarb)
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shows a 1‰ negative shift (Fig. 6.2). In the negative δ13Corg spike, two maxima can be
distinguished. The first one is recorded at 23.49 smd, with a shift from an average pre-Selli
value of –25.2‰ to –28.7‰ over a 7 cm interval, which is equivalent to a maximum of 12 ky
based on the given LSAR (Erba et al., 1999). The second peak occurs at 22.75 smd with a –
2.2‰ carbon isotope shift over a 34 cm interval (maximal 68 ky). Between the two peaks, the
TOC content is low (0.09 wt%) and δ13Corg shifts back to –25.8‰, whilst the carbonate
content remains low. After this second negative spike, δ13Corg values return to near pre-Selli
values, and little variation occurs over an interval of 2.84 smd (average –24.9 ± 0.5‰; Fig.
6.2). This pattern is roughly similar to that of the δ13Ccarb record over the same stratigraphic
interval. After the second negative peak at 22.75 smd, the carbonate content increases to an
average of 52 ± 6 wt%, concomitant with the increase in δ13Corg.
The section at DSDP Site 463 contains only a few discrete black shale horizons (with
TOC >0.5 wt%). In general, TOC contents across the entire section vary from 0.02 to 4.3
wt%, although values of up to 7.5 wt% have been reported in a higher resolution study of the
same site (see Fig. 6.2b, and; Price, 2003). Relatively low values of δ13Corg occur just above
the level of the nannoconid crisis (at ca. 627 mbsf) (Larson and Erba, 1999) (Fig. 6.2b). In
fact, two negative δ13Corg shifts can be distinguished: a 1.5‰ shift over a 0.5 m interval at
about 625.5 mbsf, and a 2.3‰ shift over a 0.3 m interval, reaching a minimum of –28.5‰ at
622.5 mbsf. After return to more positive δ13Corg values over a 2.5 m interval, the average
δ13Corg remains constant at –25.1 ± 0.6‰. Total carbonate contents range from 4 to 50 wt%
and are low in samples in which organic carbon is depleted in δ13C. However, they do not
increase synchronously with the δ13Corg values as in the Cismon section, but remain relatively
lower over a longer stratigraphic interval (Fig. 6.2). The δ13Ccarb values fluctuate substantially
(Fig. 6.2b) and are most likely affected by diagenetic overprinting. Curiously, the most
negative δ13Ccarb values occur at levels where sudden increases in the carbonate content also
occur (e.g., at 623 and 618 mbsf).
Contrary to the Cismon section, the negative δ13Corg excursion at Site 463 does not
appear to be synchronous with the deposition of the lowermost portion of the black shale
interval. In this instance, we consider the onset of OAE-1a to coincide with the level where
the first negative shift in δ13Corg and decrease in carbonate content occur (Fig. 6.2). The start
of the nannoconid crisis (Erba, 1994), which took place ca. 50 to 56 ky prior to the onset of
the negative δ13Corg excursions in both the Italian and the Pacific sections (as calculated with
the respective average LSAR for the Italian (0.8 cm ky–1) and the Pacific (2.7 cm ky–1)
sections), readily supports the synchronicity of the carbon isotope anomaly at the two
localities.
Massive injections of carbon into the oceans and a resultant rise of the calcite
compensation depth (CCD) comparable to that postulated for the PETM (Dickens, 2000;
Zachos et al., 2005), have been inferred in order to explain the substantial observed decrease
in carbonate content in our two examined sections (Mélières et al., 1978; Bralower et al.,
1994). The paleodepth for the Cismon site was estimated at 1500 m (Weissert and Lini, 1991;
Hochuli et al., 1999), whilst the paleodepth for Site 463 is in the order of a few hundred
meters, certainly no less than 200 m (Mélières et al., 1978). The offset between the two total
carbonate profiles can therefore not be explained by a difference in paleodepth, as one would
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expect a quicker recovery from the shoaling of the CCD at Site 463. Local processes might
therefore have played a role. For example, Mélières et al. (1978) pointed out that carbonate
dissolution at DSDP Site 463 might be indirectly attributed to processes related to proximal
volcanic activity. Specifically, they proposed that increased productivity rates, triggered by
nutrient released in the seawater from alteration of volcanic material, and subsequent
oxidation of the OM, caused accumulation of respired CO2 and thus lowering of the pH in
ambient seawater.
6.3.2

Composition of the organic matter.
Both studied sections show a distinct negative δ13Corg excursion at the base of OAE1a, which could be used to infer a marked δ13C shift in the marine DIC reservoir. OM,
however, contains a variety of different compounds, each with their distinct carbon isotopic
composition influenced by a wide variety of environmental and physiological parameters.
Therefore, detailed examination of the OM at the molecular level is required before sound
interpretations can be made.
The aliphatic hydrocarbon fractions of the extractable OM of both Aptian sections
contain C15-C37 n-alkanes, pristane, phytane, lycopane, C27-C30 neohop-13(18)-enes and C27C35 hopanes (Fig. 6.3; Table 6.1). The ‘Selli Level’ of the Cismon-site sediments also
contains abundant C27-C29 diasterenes and steranes and 2,5,7,8-tetramethyl-2-(4,8,12trimethyltridecyl)chroman (5,7,8-triMe-MTTC; (Sinninghe Damsté et al., 1987)), while the
DSDP Site 463 section contains low relative amounts of steroids and chroman but abundant
hopenes in the organic-rich strata (Fig. 6.3; Table 6.1). High concentrations of short-chain nalkanes and alkenes (C15-C20), pristane, phytane and other (undefined) low-molecular
compounds present in both organic-lean and organic-rich strata are a prominent feature of
apolar organic material from Site 463. At both sites, a minor terrestrial input can be inferred
from the high molecular weight C25-C35 n-alkanes with an odd-over-even carbon number
predominance derived from wax lipids of higher plants (Eglinton and Hamilton, 1967).
The marine biomarker lycopane is present in the ‘Selli Level’ at both sites. Lycopane
in black shales has been interpreted to indicate anoxic depositional conditions (Sinninghe
Damsté et al., 2003). Additionally, trace amounts of isorenieratane are present just before the
first and second negative excursions in δ13Corg in the Cismon section (1.4 and 1.1 μg g-1 TOC,
respectively). Isorenieratane is derived from its precursor isorenieratene, produced by
photosynthetic green sulfur bacteria (Koopmans et al., 1996). These photoautotrophic
organisms are obligatory anaerobes and require sulfide, implying that the base of the photic
zone was temporarily euxinic.
In the Cismon core, a marked transition in the biomarker composition takes place at
the same time as TOC increases and the δ13Corg shifts to more negative values at the base of
‘Selli Level’. In the organic-lean limestones and marlstones that, respectively, underlie and
overlie the ‘Selli Level’, relative amounts of steroids and hopanoids decrease in favor of short
chain n-alkanes, pristane, phytane and other low-molecular (more refractory) compounds. The
degree of isomerization of the hopanes indicates that the level of thermal maturity of the OM
in the Cismon core changes from high to low over a 10 cm interval. This is revealed by two
hopane maturity parameters (van Duin et al., 1997). Specifically, below and above the ‘Selli
Level’ relatively small amounts of the thermodynamically unstable 17β,21β(H)-hopanes are
observed and the 22S/[22S+22R] ratio of 17α,21β(H)-homohopane is close to
thermodynamic equilibrium (0.40; (van Duin et al., 1997)) (Fig. 6.4a). As the TOC content

95

Chapter 6___________________________________________________________________

increases, the ββ/(ββ+αβ+βα) ratio for the C31 hopanes increases to values of 0.7, typical for
highly immature Cretaceous black shales (Sinninghe Damsté et al., 1995) (Fig. 6.4a).
Concomitantly, the 22S/[22S+22R] ratio drops to values <0.10. In the TOC-rich interval of
the ‘Selli Level’ (18.8 to 23.5 smd), the degree of thermal maturity does not change
substantially, although the ββ/(ββ+αβ+βα) ratio temporarily drops in the strata between the
two negative δ13Corg spikes, where the TOC content is low (23.2-22.8 smd; Fig. 6.4). Above
the ‘Selli Level’, both maturity indices essentially revert back to the values recorded below
the ‘Selli Level’. The low degree of thermal maturity of the ‘Selli Level’ is consistent with
optical parameters and a relatively low Rock Eval Tmax value (<430°C) (Erba et al., 1999).
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Figure 6.3. Gas chromatograph of the apolar hydrocarbon fraction of two organic-rich samples from the ‘Selli
Level’ at Cismon, Italy (a), and from DSDP Site 463, Mid Pacific Mountains (b). Numbers refer to table 1; i.s. =
internal standard; dots indicate n-alkanes.

The OM of organic-rich horizons at Cismon is, therefore, thermally immature but the
organic-lean horizons enveloping the ‘Selli Level’ are not. This attribute was also observed in
the ‘Selli Level’ of other Aptian sections such as in Apecchiese, Italy (Brown, 1999). On
thermodynamic grounds, it is infeasible that thermally unstable 17β,21β(H)-hopanes co-occur
with almost fully 22-isomerized 17α,21β(H)-hopanes (van Duin et al., 1997). Therefore, the
distributions can only be explained by two different sources for hopanes: an autochthonous
source for the 17β,21β(H)-hopanes and a predominantly allochthonous for the 22S
17α,21β(H)-hopanes. At low concentrations of the C31 hopanes (Fig. 6.4a), the hopanes
derive predominantly from an allochthonous, much more mature source (e.g., weathered
material from ancient mature rocks), whereas at high concentrations (i.e., within the ‘Selli
Level’) the autochthonous sources dominate (e.g., bacteria thriving in the water column).
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Table 6.1. Hydrocarbon compounds in the apolar fraction of representative black shales from the ‘Selli Level’ of
the Cismon Site and DSDP Site 463. The numbers refer to figure 6.3.
Nr.
1
2
3
4
5

Compound name
2,6,10-Trimethyltridecane (C16)
2,6,10-Trimethylpentadecane (C18)
Pristane (C19)
Phytane (C20)
19-Norabieta-8,11,13-triene

Nr.
22
23
24
25
26

6
7
8
9
10

C24 Aryl isoprenoid
Δ13,17-Diacholestene (C27)
Δ13,17-Diaergostene (C28)
Δ13,17-Diasitostene (C29)
5β,14α,17α-Cholestane +
5α,14α,17α-cholestane (C27)
5β,14α,17α-Ergostane +
5α,14α,17α-ergostane (C28)
5β,14α,17α-Sitostane +
5α,14α,17α-sitostane (C29)
7,8-diMe-MTTC (chroman)
5,7,8-triMe-MTTC (chroman)
22,29,30-Trisnorisohop-13(18)-ene
(C27 neohopene)
22,29,30-Trisnorhop-17(21)-ene (C27)
30-Norisohop-13(18)-ene (C29 neohopene)
30-Norhop-17(21)-ene (C29)
Hop-17(21)-ene (C30)
2-Methyl-hop-17(21)-ene (C31)
24-Ethyl-5α,14α,17α-methylsterane (C30)

27
28
29
30
31

Compound name
30-Isohop-13(18)-ene (C30 neohopene)
Homohop-17(21)-ene (C31)
2-Methyl-homohop-17(21)-ene (C32)
17α(H),21β(H)-Homohopane (C31)
17α(H),21β(H)-Hopane +
17β(Η),21β(H)-hopane (C30)
2-Methyl-17β(Η),21β(H)-hopane (C31)
17β(Η),21α(H)-Homohopane (C31)
2-Methyl-17β(Η),21α(H)-homohopane (C32)
17β,21β(H)Homohopane (C31)
2-Methyl-17β(Η),21β(H)-homohopane (C32)

32

17β(Η),21β(H)-Bishomohopane (C32)

33

2-Methyl-17β(Η),21β(H)bishomohopane (C33)

34
35
36

C32 Benzohopane
C33 Benzohopane
Lycopane

37
38
39
40
41
42

Unknown Methyl-homohopane (C32)
24-methyl-desmethylster-3-ene
24-ethyl-desmethylster-3-ene
24-methyl-5α-desmethylster-3-ene
17β(H)-22,29,30-Trisnorhopane (C27)
24-Ethyl-ster-4-ene (C29)

11
12
13
14
15
16
17
18
19
20
21

Hochuli et al. (1999) reported that the low OM content of the lowermost part of the
Aptian and of the sediments immediately overlying the ‘Selli Level’ is dominated by
oxidation-resistant, terrestrial organic debris. This also indicates that the OM in these sections
is predominantly of allochthonous origin. It is, therefore, questionable whether the δ13CTOC
excursion at the base of the ‘Selli Level’ reflects a change in the δ13C of marine/atmospheric
DIC reservoir or is simply a change of OM sources.
In the DSDP Site 463 section, changes in the two hopane maturity ratios are less
apparent: 17β,21β(H)-hopanes dominate in almost all samples except for the uppermost
sample and the 22S/[22S+22R] ratio of the 17α,21β(H)-homohopane is generally <0.2 in the
Selli interval (Fig. 6.4b). A transition from higher to lower degree of thermal maturity of the
OM occurs at the level of the first shift of δ13Corg to more negative values. As observed in the
Cismon core, the degree of maturity temporarily increases concurrently with the increase in
the δ13Corg value just before the second negative shift in δ13Corg (622.6 mbsf; Fig. 6.4b).
Moreover, in the immediately underlying section the hopanoid contents are below detection
limit (623.1-622.8 mbsf; Fig. 6.4b). The above suggests that, similarly to the Cismon site,
different sources contributed to the OM at Site 463.
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6.3.3

Compound-specific isotope records of OAE-1a
Three compounds of marine origin provide an essentially complete compound-specific
13
δ C record across the Cismon core. These include pristane, the combined signal of
17β,21β(H)-homohopane, and 2-methyl-17β,21β(H)-hopane and 5,7,8-triMe-MTTC
(chroman) (Fig. 6.5a). At Site 463 these lipids were often too low in concentration and only a
scattered carbon isotope record of hopanoids could be obtained (Fig. 6.5b). In addition, δ13C
records were obtained for higher plant-derived, long-chain n-alkanes for both sites (Fig. 6.6).
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Figure 6.4. Stratigraphic profiles illustrating TOC contents; the sum of C31-hopane (ββ, βα and αβ S+R)
abundances; the hopane maturity parameters (van Duin et al., 1997) calculated for C31-hopane; and the 2-methylhopane index of 17β,21β(H)-homohopane, for the OAE-1a sections of cores from Cismon, Italy (a) and DSDP
Site 463 (b). The two sections are calibrated using the shifts in the hopane maturity (gray line).

Pristane is a non-specific biomarker, most likely derived from phytoplankton as a
diagenetic product of the phytol side chain of chlorophyll (Didyk et al., 1978) or tocopherols
(Goossens et al., 1984). At the base of the ‘Selli Level’, pristane has a minimum δ13C value of
–34.9 ± 0.4‰ (open symbols; Fig. 6.5a). It then increases sharply within 20 cm to values
around –30‰ and subsequently fluctuates between –32‰ and –29‰. On either side of the
‘Selli Level’, the concentration of pristane was too low to obtain δ13C values. This was
especially problematic for the section below the ‘Selli Level’ since data from this portion
would provide insights into the magnitude of the negative isotope excursion. In order to
obtain a δ13C value for pristane from this section, kerogen-bound pristane, which is likely to
have an autochthonous source, was examined. To this end, four kerogen samples were
artificially matured using hydrous pyrolysis (Lewan and Ruble, 2002), releasing pristane,
presumably from kerogen-bound tocopherols (Goossens et al., 1984; Koopmans et al., 1999).
The δ13C values of the pristane released in this way were determined and showed identical
values to those in the extracts of the ‘Selli Level’ (Fig. 6.5a). More importantly, a δ13C value
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(i.e., –30.0 ± 0.3‰) for the section below the ‘Selli Level’ was obtained, permitting the
estimation of the negative isotope excursion for pristane at ca. 4‰.
In most sediment samples from the ‘Selli Level’, 17β,21β(H)-homohopane co-elutes
with 2β-methyl-17β,21β(H)-hopane (Fig. 6.3; peak 30+31) as also previously reported for the
Cismon core (Kuypers et al., 2004). The precursor bacteriohopanepolyols (BHPs) of 2methyl-17β,21β(H)-hopane is derived from cyanobacteria (Summons et al., 1999). These
bacteria also produce non-methylated BHPs, in a similar fashion to many other bacterial
species (Brocks and Summons, 2004). On average, ca. 23% of the BHPs in the 2-methylhopane-producing cyanobacteria is methylated. By measuring the so-called ‘2-Me-hopane
index’ (Eq. 6.1) some information can be drawn on the cyanobacterial contribution to the
hopanoid pool (Summons et al., 1999). The average value for the 2-Me-hopane index (i.e.,
19%) in the Cismon core (Fig. 6.4a) indicates a predominantly cyanobacterial source for the
combined signal of 17β,21β(H)-homohopane and 2-methyl-17β,21β(H)-homohopane, which
we will refer to as the ‘cyanobacterial marker’. For DSDP Site 463, the average value for the
2-Me hopane index is 15 (±10)% (Fig. 6.4b). Dumitrescu and Brassell (2005) also reported
high levels of 2-methylhopanoids for the ‘Selli Level’ on the Shatsky Rise in the west-central
Pacific. For both sections studied here, the 2-Me-hopane index drops to low values in the
sediments outside the ‘Selli Level’, indicating that 17β,21β(H)-homohopane in these cases is
derived from bacteria other than cyanobacteria. This has been attributed to a large change in
the composition of the phytoplankton (Kuypers et al., 2004). During OAE-1a, the water
column was anoxic as evidenced by the presence of lycopane (see above) and the photic zone
was limited in nutrient N, providing an advantage for nitrogen-fixing cyanobacteria. The
obtained 17β,21β(H)-homohopane δ13C records (Fig. 6.5) thus reflect a compound-specific
isotope record of cyanobacteria in the photic zone. In the Cismon core, the minimum δ13C
value of 17β,21β(H)-homohopane (–31.5 ± 0.8‰) is recorded at the very base of the ‘Selli
Level’. Subsequently, values decrease to –29 ‰ and show a second negative excursion to a
minimum value of –31.7‰, before increasing by 4‰ and remaining relatively constant
around –28‰ to –29‰ thereafter. With respect to the DSDP Site 463, only three data points
could be obtained (Fig. 6.5b) and these reveal the increase in δ13C values after the second
negative isotope spike in δ13Corg.
The biological origin of the 5,7,8-triMe-MTTC is still not known, but based on stable
carbon isotopic values, it has been inferred to derive from phytoplankton sources (Sinninghe
Damsté et al., 1987; Sinninghe Damsté and de Leeuw, 1995). Its isotopic record (Fig. 6.5a)
shows clear parallels to those of pristane and the cyanobacterial marker. At the base of the
‘Selli Level’, the δ13C value of 5,7,8-triMe-MTTC is most negative at –35.3 ± 0.6 ‰, then
increases to –30.7 ‰ stratigraphically upwards, and decreases again to –32.4 ‰ before a final
decline to an averaging value of –32.2‰.
Overall, the correlation of the isotope records of individual marine biomarkers with
13
δ Corg is rather good; calculated correlation coefficients (R2) are 0.50 for pristane, 0.78 for
5,7,8-triMe-MTTC and 0.65 for the cyanobacterial marker. All molecular records show the
distinct negative peak at the base of the ‘Selli Level’, in concert with the δ13Corg profile. A
discrepancy, however, is evident between the hopanoid δ13C curve and that of δ13Corg at the
base of the ‘Selli Level’. This interval is marked by the lowest 2-Me-hopane index in the
whole ‘Selli Level’ (Fig. 6.4a), which could signify a temporal change in source of the
17β,21β(H)-homohopane. The second negative isotope spike in the δ13Corg record is clearly
reflected in the record of the cyanobacterial marker and it is also seen in the two other
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molecular records though shifted by 20 cm up-section. Crucially, the magnitude of the first
negative isotope excursion (i.e., ca. 3‰) in the δ13Corg is similar to that obtained for pristane
(i.e., ca. 4‰).
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Figure 6.5. The δ13C stratigraphic records for TOC, the algal biomarkers pristane and 5,6,7-triMe-MTTC
(chroman) and the cyanobacterial marker (17β,21β(H)-homohopane + 2-methyl-17β,21β(H)-homohopane) for
the OAE-1a sections from Cismon, Italy (a) and DSDP Site 463 (b). The δ13C values for pristane and
17β,21α(H)-homohopane released by hydrous pyrolysis, are indicated by closed symbols.

The presence of higher plant-derived OM is manifested by the odd-over-even carbon
number predominance as revealed by CPI values (Eqs. 6.2 and 6.3) of 1.4-3.4 (Fig. 6.6) for
the C25 to C35 long-chain n-alkanes. In the Cismon core, the contribution of higher plantderived n-alkanes is moderate but constant (CPI1=1.4 to 2.7). Terrestrial plant contributions
are confirmed by the presence of 2-methyl-retene in relatively constant concentrations (0.2 ±
0.1 μg g-1 TOC) (Bastow et al., 2001). In the DSDP Site 463 section, the CPI2 fluctuates
between 1.5 and 3.4 (Fig. 6.6b), indicating a more variable contribution of higher plant wax
lipids to the long-chain n-alkanes. In contrast with the marine biomarkers, terrestrial n-alkanes
could still be found outside the Selli interval, as indicated by the similar CPI before as well as
within the ‘Selli Level’ (Fig. 6.6). This is most likely due to the much more refractory nature
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of higher plant wax lipids compared to marine lipids (Hoefs et al., 2002; Sinninghe Damsté et
al., 2002)
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Figure 6.6. The δ13C stratigraphic records for TOC and the terrigenous biomarkers C27 n-alkane and C33 nalkane, for the OAE-1a sections from Cismon, Italy (a) and DSDP Site 463 (b). Inset: The binary plots of CPI
values (see text) against Δδ13C (C27-C28 and C33-C34 n-alkanes) of the Cismon section and Site 463 section,
respectively.

The C27 n-alkane of the Cismon section exhibits a negative δ13C excursion of ca. 3.5‰
from an average pre-Selli value of –26.3 ± 1.0‰, to –29.8‰ in the ‘Selli Level’ (Fig 6.6a).
This record correlates reasonably well with most salient features of the δ13Corg curve (R2 =
0.46), including the second negative isotope spike. The negative shift in the δ13C of C33 nalkanes in the DSDP Site 463 section is ca. 4‰ (Fig. 6.6b) whilst the isotopic record of the
C31 n-alkane (data not shown) is also very similar. Again, the negative spike in δ13Corg is
mimicked in the n-alkane record, although the resolution does not allow the distinction of two
separate spikes as at Cismon. In the record of DSDP Site 463, the δ13C value of the C33 nalkane becomes relatively depleted again in the interval after the second negative excursion in
δ13Corg (around 619 mbsf), when the CPI decreases. This is also seen in the Cismon core (Fig.
6.6a) although not as prominently. The poor correlation seen on the binary plots of CPI values
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against Δδ13C (C27-C28 and C33-C34 n-alkanes), indicates that the observed stratigraphic
patterns of δ13C values of n-alkanes cannot be solely attributed to a change in relative marine
versus terrestrial contributions (Fig. 6, Inset). The ca. 4‰ isotopic shift in the odd-numbered
n-alkanes from both sites arguably points to a mechanism affecting atmospheric δ13CCO2.
6.3.4

Possible causes for the negative isotope spike(s) at the base of OAE-1a
The ca. 4‰ shift in the δ13C of the marine and terrestrial biomarkers at the base of the
‘Selli Level’ of Cismon and Site 463 are simultaneous, as far as disclosed by the sampling
resolution, and relatively fast (10-20 ky). Hence, an event of rapid release of 13C-depleted
carbon affected both marine δ13CDIC and atmospheric δ13CCO2 in concert, within the given
resolution. The synchronicity between the δ13C excursions of the two geographically distal
sites, in addition to the negative δ13C shift in the atmospheric δ13CCO2, indicates that the
recycling of respired CO2 is an unlikely explanation for the Early Aptian negative δ13C shift
in marine OM. Moreover, photic zone anoxia occurred sporadically and for short periods
because isorenieratane, a highly diagnostic biomarker for photic zone anoxia (Liaaen-Jensen,
1978; Sinninghe Damsté et al., 1993), is found only in a few samples just before the first- and
second negative δ13Corg spikes in the Cismon section. Therefore, long-term ocean
stratification and sustained bottom-water anoxic conditions would not have prevailed for the
recycling of respired CO2 to have an impact on phytoplankton δ13C signatures.
It would appear that the most plausible explanation for the negative carbon isotopic
shift is the (massive) release of methane, either from the dissociation of gas hydrates or from
thermal metamorphism of OC-rich sediments. The increase of DIC in the ocean as a
consequence of methane release (Dickens, 2000) could also explain the decrease in carbonate
(<10 wt%) across OAE-1a, starting simultaneously with the negative δ13C shift at the two
sites (Fig. 6.2). Other possible causes for the low carbonate content, like dilution effects by
increased OC supply and/or precipitation of clay (or volcanic ash in the case of Site 463), are
unlikely, as there is no indication of a change in the type of terrigenous input (Al-Si mineral
phases or terrestrial OC) across the ‘Selli Level’ and TOC wt% contents remain low. Water
column dissolution has already been inferred from the absence of carbonate in some horizons
at Site 463 (Dean and Thiede, 1978). Absence or rarity of calcareous nannofossils and
planktonic foraminifers exclusively in the lower part of the ‘Selli Level’ in the Cismon core
(Premoli Silva et al., 1999; Erba, 2004) further support a dissolution event coeval with the
negative C isotopic spike.
Methane release has been proposed previously for OAE-1a on the basis of the negative
13
δ C excursion in plant-derived cuticles and fossil wood (Gröcke et al., 1999; Jahren et al.,
2001; Ando et al., 2002; Heimhofer et al., 2003; Ando et al., 2003). The data presented here
permit a direct correlation between the terrestrial signal and that recorded in marine-derived
biomarkers and, thus, substantiate a synchronous terrestrial and marine signal.
The ca. 4‰ negative δ13Corg excursion occurs over a maximum time interval of 6-14
ky and ca. 19 ky at the Cismon site and DSDP Site 463, respectively, assuming that the
sections are continuous. The quantity of carbon input that would result in an isotopic shift of
such a magnitude within this timescale depends largely on the δ13C of the source carbon (e.g.
Dickens et al., 1995; Hesselbo et al., 2000; Beerling et al., 2002). On isotopic grounds alone,
the hypothesis of methane input from gas hydrates (δ13C ~–60‰) or metamorphism of OC-
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rich rocks (δ13C ~–25‰) is certainly more feasible than the one of CO2 input from volcanic
activity (δ13C of mantle CO2 ~–5‰) (Kump and Arthur, 1999; Deines, 2002).
6.4

Conclusion

Bulk and molecular organic geochemical results for two Lower Aptian sedimentary
sections from Italy (Cismon section) and the Pacific (DSDP Site 463), provide evidence for a
simultaneous δ13C shift in both terrestrial and marine OC during OAE-1a. The δ13C values of
three distinct marine biomarkers and terrigenous n-alkanes are most negative at the onset of
the event. Pre-OAE δ13C values could be obtained from n-alkanes and kerogen-bound
phytane, determining a negative δ13C shift of ca. 4‰ for both marine and terrestrial OC.
These records signify the dramatic input of 13C-depleted carbon into the atmospheric and
marine reservoirs, consistent with the release of methane from dissociation of sedimentary
clathrates or large-scale thermal metamorphism of OC-rich sedimentary sources.
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Chapter 7
N2-fixing cyanobacteria supplied nutrient N for Cretaceous oceanic
anoxic events
Marcel M.M. Kuypers, Yvonne van Breugel, Stefan Schouten, Elisabetta Erba and Jaap S.
Sinninghe Damsté
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Abstract - The abundance of specific membrane lipids, 2-methylhopanoids, indicates that
cyanobacteria played a key role in the seemingly global deposition of black shales during the
early Aptian (ca. 120.5 Ma) and late Cenomanian (ca. 93.5 Ma) oceanic anoxic events.
Organic matter-rich sediments deposited during these events are characterized by a 15N
content typical of newly fixed N2, indicating that cyanobacterial N2-fixation was the main
source for nutrient-N. We propose that denitrification and anaerobic ammonium oxidation
effectively cut off the return of nutrient-N from the anoxic deep waters to the photic zone in
the oceans, giving N2-fixing cyanobacteria a competitive advantage over algae during these
oceanic anoxic events.
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7.1

Introduction

Unlike certain dinoflagellates, diatoms and calcareous nannoplankton, pelagic
cyanobacteria do not leave behind microscopically identifiable fossilized remains in the
sedimentary record. Instead, molecular fossils of membrane lipids (i.e.,
bacteriohopanepolyols) specific for cyanobacteria can provide information about the relative
abundance of cyanobacteria in ancient environments (Summons et al., 1999).
Bacteriohopanepolyols (BHPs) are membrane lipids exclusively produced by bacteria. They
have been recovered from numerous taxa including cyanobacteria (Rohmer et al., 1992). Like
sterols in eukaryotic membranes, they serve a regulating and rigidifying function; as such,
BHPs are major constituents of bacterial membranes (Rohmer et al., 1992). A high proportion
of cultured cyanobacteria and recent microbial mats dominated by cyanobacteria contain in
addition to ‘regular’ BHPs, BHPs methylated at the C2 position (i.e., 2-methyl BHPs), which
are absent or only present in trace amounts in other bacteria (Summons et al., 1999). Both
BHPs without a methyl group at the C2 position (i.e., 2-desmethyl BHPs) and 2-methyl-BHPs
are rapidly transformed in sediments by a variety of diagenetic reactions (Köster et al., 1997).
Their diagenetic derivatives (i.e., C31 to C36 hopanoids), however, have been recovered from
organic carbon-rich sedimentary rocks as old as 2500 Ma (Summons et al., 1999).
We used the relative abundance of 2-methylhopanes, expressed as the so-called ‘2methylhopanoid index’ (Summons et al., 1999), vs. the 2-desmethylhopanoids to determine
the ecological importance of cyanobacteria during the deposition of organic carbon-rich
sediments now forming thermally immature rocks as old as 200 Ma and representing a variety
of settings. Our results indicate an unprecedented abundance of pelagic cyanobacteria during
the Cretaceous oceanic anoxic events.
7.2

Material and methods

Table 7.1 lists the origins of the investigated samples. Analyses of soluble and
insoluble organic matter were performed as described previously (Kuypers et al., 2002).
The δ15N values (± 0.2‰) (δ15N = [(Rsample/Rstandard –1) × 1000], where R is the
15
14
N/ N ratio and the standard is atmospheric N2) were measured on whole sedimentary rocks
using automated on-line combustion followed by conventional isotope ratio-mass
spectrometry.
The 17β,21β(H)-homohopanoid (C31; I, see appendix for structures), 17β,21β(H)trishomohopanoid (C33; II), and 17β,21β(H)-pentakishomohopanoid (C35; III) coelute with
2β-methyl-17β,21β(H)- homohopanoid (C32; IV), 2β-methyl-17β,21β(H)-trishomohopanoid
(C34; V), and 2β-methyl-17β,21β(H)-pentakishomohopanoid (C36; VI), respectively. For
calculating the abundance of IV, V, and VI relative to the abundance of the coeluting I, II, and
III respectively, the following equation was used: percentage of 2-methylhopanoid Cn =
100x/(x + y), were x = peak area of IV and y = peak area of I for n = 31, x = peak area of V
and y = peak area of II for n = 33, and x = peak area of VI and y = peak area of III for n = 35.
The peak areas were obtained by integration of mass chromatograms of m/z 369 and 383 for
17β,21β(H)-hopanoids (i.e., I, II and III) and 2β-methyl-17β,21β(H)-hopanoids (i.e., IV, V
and VI), respectively. The 2-methylhopanoid index for a given sampleis the weighted average
of the dominant (typically representing >80% of the extractable extended hopanoids) 2methyl/2-desmethylhopanoid pairs.
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7.3

Results and discussion

2-methyl-hopanoid index (%)

Most of the up to 200 Ma organic carbon-rich sedimentary rocks we investigated are
characterized by low (<2%) 2-methylhopanoid-indices (Fig. 7.1). The only exceptions are the
Jurassic (ca. 150 Ma) Calcaires en Plaquettes Formation (Orbagnoux, France) and the organic
matter-rich sedimentary rocks (so-called black shales) from the early Aptian oceanic anoxic
event OAE-1a and late Cenomanian OAE-2 of the middle Cretaceous (Fig. 7.1). The
abundance of 2-methyl hopanoids in the Calcaires and Plaquettes Formation agrees well with
paleoenvironmental reconstructions demonstrating a major contribution of cyanobacteria to
these lagoonal sedimentary rocks (Tribovillard, 1992). However, the high average relative
abundances (up to 20%) of 2-methylhopanoids in pelagic oceanic anoxic event black shales
from the proto-North Atlantic (i.e., Deep Sea Drilling Project [DSDP] sites 144, 367 and
603B) and OAE1a black shales from the Tethys (i.e., Cismon Selli Level, Italy) and Pacific
Ocean (DSDP Site 463) are noteworthy.
OAE-2 OAE-1a

20

10

0
Tertiary

0

50

Cretaceous

100
Age (Ma)

Figure 7.1. The 2-methylhopanoid indices for
variety of organic matter-rich sedimentary rocks as
old as 200 Ma. Plotted values represent averages
of 1-24 samples. Note high 2-methylhopanoid
indices for the black shales deposited during
oceanic anoxic event OAE-1a and just before and
during OAE-2. These black shales were deposited
in early Aptian Tethys (i.e., Cismon Selli Level,
Italy), and Pacific Ocean (Deep See Drilling
Project [DSDP] Site 463), and late Cenomanian
proto-North Atlantic (i.e., DSDP Sites 144, 367
and 603B), respectively. 2-methylhopanoid indices
for DSDP sites 144 and 367 are nearly identical
and plot on top of each other. Lagoonal microbial
mat deposits from Jurassic (150 Ma) Calcaires en
Plaquettes Formation (Orbagnoux, France) are also
Jurassic
characterized by high 2-methylhopanoid indices
150
200 (indicated by square). Further information
regarding the investigated samples is in Table 7.1.

Less than 50% of the investigated cyanobacteria contain 2-methyl-BHPs, while all
produce substantial quantities of ‘regular’ 2-desmethyl-BHPs (Summons et al., 1999). On
average, 2-methyl-BHPs make up ca. 23% of the total amount of BHPs present in
cyanobacteria (Summons et al., 1999). Ancient marine environments, like their modern
analogous, probably contained communities consisting of several cyanobacterial taxa. In
addition, other bacteria, such as heterotrophic bacteria exclusively producing regular 2desmethyl-BHPs, will have been present. In rocks deposited during OAE-1a and OAE-2, 2methylhopanoid indices as high as 35% are observed (Figs. 7.2 and 7.3), indicating that
cyanobacteria were most likely the main source of all extended hopanoids. Evidence for a
cyanobacterial source of desmethyl extended hopanoids comes also from their stable carbon
isotope composition. Because both 2-methyl and 2-desmethyl extended hopanoids coelute
upon gas chromatographic analysis, only the stable carbon isotope composition of the pairs of
2-desmethylhopanoids and 2-methyl hopanoids could be determined.
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Figure 7.2. Stratigraphy, biomarker, bulk organic carbon and nitrogen data from Cenomanian-Turonian section
of DSDP Site 367. Carbon isotope values (in per mil relative to Vienna Peedee belemnite [VPDB]) of Corg, Sbound phytane (Ph) derived from phytoplanktonic chlorophyll, TOC (total organic carbon) content of bulk
sedimentary rock (Kuypers et al., 2002), nitrogen isotope values (in per mil vs. atmospheric N2) of bulk
sediment, the 2-methylhopanoid index and hopanoid content (both based on sulfur-bound 17β,21β(H)trishomohopanoid, 2β-methyl-17β,21β(H)-trishomohopanoid, 17β,21β(H)-pentakishomohopanoid, and 2βmethyl-17β,21β(H)- pentakishomohopanoid released upon desulfurization from polar fraction) of bulk
sedimentary rock, and stable carbon isotope composition of molecular fossils of membrane lipids predominantly
of cyanobacterial origin (i.e., S-bound 17β,21β(H)-pentakishomohopanoid, and 2β-methyl-17β,21β(H)pentakishomohopanoid that coelute). Black shales that make up the upper Cenomanian sequence at DSDP Site
367 (off coast of northwest Africa) consist of mixture of terrigenous silicates and clay minerals and high
amounts of marine (Kuypers et al., 2002) organic carbon. Oceanic anoxic event 2 (OAE-2) interval is indicated
as gray shaded area in graphs; mbsf – meters below seafloor.

There is no correlation between the percentage of 2-methylhopanoids and the stable carbon
isotope composition of the coeluting hopanoids (Figs. 7.2 and 7.3). This result suggests that
the carbon isotope composition of regular 2-desmethyl and 2-methyl extended hopanoids is
similar and co-varies, which is in good agreement with a predominantly cyanobacterial origin
of both regular and 2-methyl extended hopanoids. These data reveal an extraordinary large
contribution of pelagic cyanobacteria to the BHP-producing bacterial population at the time of
black shale deposition. Cyanobacteria may have dominated the phytoplanktonic community in
large ocean areas, as indicated by the abundance of extended hopanoids (Figs. 7.2 and 7.3)
that is similar to (Cismon) or even exceeds (DSDP Site 367) the abundance of algae-derived
steroids in the OAE-1a and OAE-2 black shales. The concentration of BHPs in bacterial cells
is in the same order of magnitude as steroids in eukaryotes (e.g., algae) (Rohmer et al., 1992).
Under the assumption that the preservation potential of both membrane components is similar,
the abundance of extended hopanoids relative to algal steroids indicates that cyanobacteria
were an important source of sedimentary OM during the oceanic anoxic events. The
significant co-variation between the carbon isotope composition of the extended hopanoids
and bulk organic carbon at Cismon (R2 = 0.78; Fig. 7.3), and the δ13C values of the extended
hopanoids, bulk organic carbon and sulphur-bound phytane (Ph) derived from
phytoplanktonic chlorophyll at DSDP Site 367 (R2 = 0.83; Fig. 7.2) may also indicate a
significant cyanobacterial contribution to the organic matter. The reason for the high relative
cyanobacterial abundance must be related to the specific environmental conditions at that
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time. Both OAE-1a and OAE-2 were episodes of seemingly global deposition of black shales
in the marine environment (Schlanger and Jenkyns, 1976).
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Figure 7.3. Stratigraphy (Erba et al., 1999), biomarker, bulk organic carbon, and nitrogen data from lower
Aptian Cismon core. Carbon isotope values (in per mil vs. Vienna Peedee belemnite [VPDB]) of Corg and
carbonate (Cinorg), TOC (total organic carbon) content of bulk sediment, nitrogen isotope values (in per mil vs.
atmospheric N2) of bulk sediment, 2-methylhopanoid index and hopanoid content (both based on 17β,21β(H)homohopane and 2β-methyl-17β,21β(H)-homohopane) of bulk sedimentary rock, and stable carbon isotope
composition of molecular fossils of membrane lipids predominantly of cyanobacterial origin (i.e., 17β,21β(H)homohopane and 2β-methyl-17β,21β(H)- homohopane that coelute). Lower Aptian Cismon section consists of
limestones characterized by low organic carbon content interrupted by organic carbon-rich oceanic anoxic event
1a (OAE-1a) black shale interval, indicated by gray-shaded area in graphs.

It is intriguing that the OAE-1a and OAE-2 black shales from the Tethys and protoNorth Atlantic oceans both show depleted 15N/14N ratios (δ15N = –2‰ to 0‰; Figs. 7.2-7.3)
relative to air. N2-fixation has been previously invoked (Rigby and Batts, 1986; Rau et al.,
1987) to explain similarly low δ15N values in Cretaceous organic matter-rich deposits from
Australia and the Atlantic Ocean. A δ15Ν value of 0‰ for atmospheric N2 and minor isotopic
fractionation during N2-fixation results in δ15N values of –3‰ to 1‰ for organic matter from
extant marine N2-fixing cyanobacteria (Minagawa and Wada, 1986; Carpenter et al., 1997).
These characteristic δ15N-values of newly fixed N2 have been used to determine the
contribution of N2-fixation to the nutrient N pool in ancient environments (Rau et al., 1987;
Haug et al., 1998; Sachs and Repeta, 1999). In view of the high 2-methylhopanoid indices,
the low δ15N values of the lower Aptian and upper Cenomanian black shales indicate that
cyanobacterial N2-fixation was the main source of nutrient-N for phytoplanktonic growth
during these oceanic anoxic events.
Although N2-fixation can fuel as much as half of the new production in oligotrophic
ocean gyres (Karl et al., 1997), N2-fixers make up a relatively small amount of total
phytoplanktonic biomass in the contemporary ocean (Tyrrell, 1999). Cyanobacteria can use
the nearly inexhaustible atmospheric reservoir of N2 as N source but due to the high-energy
demand of N2-fixation they can only out-compete non-N2-fixing algae when nutrient-N
concentrations are low relative to nutrient phosphorus (P) (Tyrrell, 1999). Expansion and
intensification of the oxygen minimum zone in open ocean areas such as the Cretaceous
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Pacific (Schlanger and Jenkyns, 1976) would have increased the conversion of nitrate to N2
by heterotrophic bacteria (denitrification) (Piper and Codispoti, 1975), strongly reducing
nutrient N/P ratios during the oceanic anoxic events. The occurrence of thinly laminated
organic matter-rich sedimentary rocks devoid of traces of benthic activity and the abundance
of molecular fossils of pigments indicative of anoxygenic photosynthetic bacteria indicates
that tectonically isolated basins like the Cenomanian North Atlantic were even fully anoxic
from the seafloor to the base of the photic zone (i.e., conditions resembling the present-day
Black Sea) before and during OAE-2 (Sinninghe Damsté and Köster, 1998; Kuypers et al.,
2002). In modern anoxic basins like the Black Sea, ammonium (the only form of nutrient-N in
the deep waters below the chemocline) diffusing upwards from the anoxic zone is effectively
consumed by anaerobic ammonium-oxidizing (anammox) bacteria before it can reach the oxic
zone (Kuypers et al., 2003). These anammox bacteria directly oxidize ammonium to N2 with
nitrite as the electron acceptor (Strous et al., 1999). Anammox results in a loss of 40% of the
fixed nitrogen that sinks down into the anoxic Black Sea water. A significant increase in the
areal extent of true anoxic conditions in the ocean most likely resulted in an additional
extensive loss of nutrient N through anaerobic ammonium oxidation during the Cretaceous
oceanic anoxic events. Regeneration of P from particulate organic matter during
sedimentation is favored under anoxic conditions and could have further decreased N:P ratios
(van Cappellen and Ingall, 1994; Ingall and Jahnke, 1997). Preferential P regeneration relative
to organic carbon oxidation is indicated by the extremely high average atomic Corg./Ptotal ratios
(>400) that we measured for the organic carbon-rich sediments of DSDP Site 367 relative to
fresh marine organic matter (~106) (Redfield et al., 1963). Hence, seawater supplied to the
photic zone would most likely have contained low concentrations of nutrient N relative to P
(N/P < Redfield) giving N2-fixing cyanobacteria a competitive advantage over algae (Tyrrell,
1999). This nutrient-N deficit could explain the high abundance of cyanobacterial membrane
lipids and the characteristic 15N-depletion in the oceanic anoxic event black shales. Excretion
of organic and inorganic N by N2-fixing cyanobacteria and demineralization of their biomass
in the upper part of the water column could have released nutrient-N for algal growth.
Therefore, even though N2-fixation by cyanobacteria was the primary source of nutrient N for
phytoplanktonic growth in large ocean areas, algae may still have contributed substantial
amounts of organic matter to the middle Cretaceous oceanic anoxic event black shales.
7.4

Conclusions and implications

Our results indicate that the marine N cycle was significantly different during the
middle Cretaceous than it is today. In the modern ocean, N2-fixation is mainly associated with
areas of low productivity and low accumulation of sedimentary organic carbon. The
conversion of nutrient-N to N2 predominately occurs in the oxygen depleted waters and
sediments underlying upwelling zones characterized by high productivity and high rates of
organic carbon accumulation. In sharp contrast, N2-fixation was the exclusive source of
nutrient-N in vast areas of the Cretaceous oceans that were characterized by strongly oxygen
depletion, high nutrient-N losses, and high rates of organic carbon accumulation during the
oceanic anoxic events. Positive shifts in 13C/12C ratios for marine carbonates and organic
matter provide evidence for globally enhanced rates of organic carbon burial during OAE-2
(Arthur et al., 1988). Enhanced burial of organic carbon during OAE-2 may have acted as a
biological pump, effectively reducing CO2 concentrations of the middle Cretaceous
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‘greenhouse’ atmosphere (Kuypers et al., 1999). Cyanobacterial N2-fixation most likely
provided the necessary nutrient-N to sustain this pump.
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Holocene
Holocene
Pleistocene
Pliocene sapropel
Miocene (Messinian)
Miocene
Miocene
Oligocene
Maastrichtian
Coniacian
Upper Turonian
Upper Turonian
Upper Cenomanian OAE-2
Cenomanian before OAE-2
Upper Cenomanian OAE-2
Cenomanian before OAE-2
Upper Cenomanian OAE-2
Cenomanian before OAE-2
Upper Albian
Upper Albian
Upper Albian
Lower Albian OAE-1b
Lower Aptian OAE 1a
Lower Aptian OAE 1a
Barremian
Middle/Late Callovian
Kimmeridgian
Kimmeridgian
Middle Volgian
Oxfordian
Toarcian

Peruvian Shelf
Arabian Sea
ODP Site 1084 (SA out of the coast off Namibia)
ODP Site 969 (eastern Mediterranean)
Gessosso Sofefera Fm. (Northern Apennines, Italy)
Perticara Basin (Northern Apennines, Italy)
Monterey Fm. (Shell Beach, California, USA)
Menilite Fm. (Carpathians, Poland)
Chareb Fm. (Central Jordan)
ODP Site 959 (SA, off Ivory Coast and Ghana)
Canje Fm. (French Guyana)
Canje Fm. (French Guyana)
DSDP Site 144 (NA)
DSDP Site 144 (NA)
DSDP Site 367 (NA)
DSDP Site 367 (NA)
DSDP Site 603B (NA)
DSDP Site 603B (NA)
Toolebuc Fm. (Eromanga, Australia)
Toolebuc Fm. (Hughenden, Australia)
Toolebuc Fm. (Manaka, Australia)
1049C (Blake Nose, NA)
Cismon Selli Level (Italy)
DSDP Site 463 (Mid Pacific Mountains)
Cismon (Italy)
North Sea Spekk Fm.
Calcaires en Plaquettes Fm. (Orbagnoux, France)
Kimmeridge Clay Fm. (UK)
North Sea Spekk Fm.
Oxford Clay Fm. (UK)
Schistes Cartons Fm. (France)

0.005
0.005
1
2.943
5.2
5.4
14
33.5
68
85
89.5
89
93.7
94
93.7
94
93.7
94
100
100
100
112
120
120
124
136
150
153
156
156
183

Age
(My)
1
1
1
1
7
1
2
1
1
3
1
1
2
5
10
7
7
4
1
1
1
6
24
20
1
1
1
2
1
3
1

n

8.5
8
6 to 18
6.9
9.1 to 16.6
8.4

10
2.3
12.8
26.3
2
nd
3.2 to 8.6
5.3
17.9
2 to 12
2.5
2
2.5 to 5
6.9 to 8.8
2.2 to 46
4.4 to 19
0.2 to 9.2
0.2 to 3.5
nd
nd
nd
1.3 to 6.1
0.1 to 5.5
0.1 to 4.3

TOC
(wt%)
0
0
0.2
0
0.4
0
1.5
0.4
0
2
0
0
17.0
15.1
14.8
16.8
12.0
11.1
0.9
0
0
0
18.5
15.2
3.6
0
18.8
0
0
0.8
0

2-methylhopanoid
index (%)
Coastal upwelling site
Coastal upwelling site
Upwelling site (1990 m)
Land-locked silled deep basin
Evaporitic basin
Evaporitic basin
Coastal Basin (500-1000 m)
Narrow foreland basin
Restricted shallow basin
Restricted deep basin
Shelf basin
Shelf basin
Bathyal (~1300 m)
Bathyal (~1300 m)
Abyssal (~3700 m)
Abyssal (~3700 m)
Abyssal (~4000 m)
Abyssal (~4000 m)
Epicontinental sea
Epicontinental sea
Epicontinental sea
Bathyal (~1000 m)
Bathyal
Bathyal
Bathyal
Epicontinental sea
Lagoonal microbial mat community
Shelf basin
Epicontinental sea
Epicontinental Sea
Epicontinental Sea

setting

Abbreviations: Fm. Formation, SA South Atlantic, NA North Atlantic, nd not determined, ODP Ocean Drilling Program, DSDP Deep Sea Drilling Program.

age

samples origin

Table 7.1. 2-Methylhopanoid indices for Holocene up to 200 Ma marine rocks and sediments.
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R

19
21
25

11

21

17
14

16

25
29

22

17
16

29

1
10

2

10

3

3
4

17b,21b(H)-hopanoid
R=H
I
R=n-C2H5
II
R=n-C4H11
III
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11
14

1
2

R

19

22

4

2b-methyl-17b,21b(H)-hopanoid
R=H
IV
R=n-C2H5
V
R=n-C4H11
VI

Summary
Certain time periods in Earth history were characterized by atypically high rates of
burial of 13C-depleted organic carbon in marine sediments worldwide, reflecting increased
marine primary production and/or enhanced preservation of organic matter under dysoxic to
anoxic water column conditions. These short-lived (~0.5-1 My) events, variously termed
“oceanic anoxic events (OAEs)”, caused the atmospheric and marine carbon reservoirs to
become enriched in 13C. The isotopic enrichments are manifested in the form of characteristic
positive δ13C excursions, recorded in carbonate and organic-rich sedimentary successions
deposited during OAEs. In addition to a positive spike, the Toarcian and Early Aptian OAEs
commonly exhibit relatively rapid negative shifts in their bulk carbonate and organic carbon
isotopic records. Such negative excursions have been reported from carbon of both marine
and terrigenous origin, suggesting a shift in the 13C-content of global atmospheric CO2 by the
introduction of substantial amounts of 13C-depleted carbon into the atmosphere. Elucidating
these carbon isotope anomalies is, therefore, essential in understanding the climatic and
environmental consequences of episodic perturbations in the global carbon cycle.
The earliest model for the negative isotope excursion in marine sections of the
Toarcian of Europe postulated a process of recycling of organic-derived CO2 in a stratified
marine setting (the “Küspert” model). This theory is supported by 13C-depleted DIC found in
stratified lakes and fjords, but the actual process of assimilation of the 13C-depleted CO2 was
never investigated. Therefore, a permanently stratified fjord in Norway was studied as a
modern analogue for the Toarcian epicontinental seas. The fjord was visited through the
annual seasonal cycle in order to assess the exact mechanism/s of recycling of respired CO2.
Accumulation of 13C-depleted dissolved inorganic carbon (DIC) was manifested by low δ13C
values (–19‰) and high concentrations of DIC below the chemocline (Chapter 2). Seasonal
availability of respired DIC to algae was indicated by a decrease of the δ13CDIC values in the
oxygenated surface water in autumn and early spring, when storms could have been the
mixing agent. Respired DIC makes up to 40% of the total DIC in the surface water calculated
with simple mass-balance equations. However, the δ13C values of particulate organic carbon
and of taxon-specific compounds of algae did not decrease concurrently with δ13CDIC values
(Chapter 3). It is suggested that other environmental factors, such as the nutrient supply,
might have reduced the biological carbon isotope fractionation (εp) from up to 22‰ in the
summer to 3-15‰ in the fall. As a consequence, the short-term effect of recycling of respired
CO2 on the δ13C of phytoplankton lipids and total organic carbon is negligible and hence
provides no support for the “Küspert" hypothesis.
A new method for the appraisal of the relevance of the “Küspert” model in ancient
settings (such as the Toarcian epicontinental seas) was developed (Chapter 4). It was found
that the εp of isorenieratene, a carotenoid specific to photosynthetic green sulphur bacteria
present in the Norwegian fjord, does not change significantly during the seasons and thus that
its δ13C is only related to the δ13C of CO2 in the chemocline. Hence, the δ13C of the fossil
carotenoid isorenieratane, in combination with that of the total organic carbon and carbonate,
was used to estimate the contribution of the respired CO2 at the chemocline in
palaeoenvironments as old as the Ordovician. We found maximum respired DIC contributions
(~40%) in (semi) enclosed environments as the lakes and Kyllaren fjord. In the ancient marine
basins, respired DIC contributions varied from 0% to 30%, with substantial temporal and
spatial variations. Temporal variations could indicate a change in the palaeodepth of the
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chemocline and/or a change in the palaeocirculation. This new method was applied in a study
of the Toarcian sediments deposited in a boreal epicontinental sea (Paris Basin, France)
(Chapter 5). A prominent negative δ13C excursion in the bulk organic carbon (3.3‰) and
algal lipid (3.7‰) records was observed. The estimated respired CO2 contribution at the
chemocline (ca. 2% to 10%) is relatively small and, therefore, indicates that the processes
postulated in the “Küspert” model are not likely to account for the large negative δ13C shifts
often recorded in both Toarcian carbonate and organic matter.
In Chapters 6 and 7, the negative δ13C excursions in two sections of the Aptian OAE1a from Cismon, Italy (Tethys) and the Mid-Pacific Mountains (DSDP Site 463) were
investigated using molecular techniques. The biomarker studies on both these sections
indicate that the source of the organic carbon changed from allochthonous to autochthonous
around the same time with the development of the negative δ13C shift. Nevertheless, a
comparable negative carbon isotope shift of ca. 4‰ was observed in the marine algal
(pristane) and the terrigenous (leaf wax n-alkanes) records, indicating a perturbation of the
global carbon cycle. The terrigenous record confirms earlier findings of negative excursions
in fossil wood and cuticles and thus makes a strong case for hypotheses that support a source
that injects 13C-depleted carbon in the atmosphere and the surface ocean, i.e., by spontaneous
combustion of terrestrial organic carbon reservoirs (for example peat and soils), thermal
metamorphism of organic-rich sedimentary successions by magma intrusions and
destabilization of submarine gas hydrates. Hence, although the intensity and/or duration of
ocean stratification seem to be different between the Toarcian and Aptian OAEs (as indicated
by the scarce findings of green sulphur bacterial markers in the Aptian sediments) biomarker
studies of the investigated sites indicate a mechanism other than recycling of respired CO2 for
the observed negative isotope excursions. It is not possible from these results however, to
constrain exactly which of the other hypotheses is most applicable.
Finally, the widespread presence of nitrogen-fixing cyanobacteria during OAE-1a was
indicated by a relatively high contribution of molecular fossils of cyanobacterial membrane
lipids, the 2-methyl-bacteriohopanepolyols (Chapter 7). Similarly high concentrations were
found in the Cenomanian/Turonian OAE-2 section of four proto-North Atlantic sites. These
findings, in conjunction with a documented 15N-depletion in organic matter from both OAEs
(typical for newly-fixed nitrogen), indicate that N2-fixation supplied an important part of
nutrient N for primary production during the Aptian and the C/T OAE alike. These
circumstances imply that long-term stratification must have characterized early Aptian
depositional environments, even though there is very little molecular evidence for photic-zone
anoxia at that time.
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Samenvatting
Perioden in het Krijt en in het Jura worden gekenmerkt door het wijdverspreid
voorkomen van mariene sedimenten die rijk zijn in organisch materiaal. In deze sedimenten
zijn fossielen van bodemorganismen zeldzaam of zelfs afwezig. Een algemeen geaccepteerde
theorie die dit fenomeen verklaart is dat de diepe oceanen gedurende een op een geologisch
gezien korte periode geen zuurstof bevatten en dat grote hoeveelheden van organisch
materiaal wereldwijd begraven werden in sedimenten ten gevolge van een hoge primaire
(plankton) productie en een aanzienlijk vertraagde afbraak van dit materiaal vanwege de
anoxische condities. Koolstof komt in de natuur voor in twee stabiele vormen: 12C en 13C
(naast de niet-stabiele vorm; het radioactieve 14C). Tijdens de fotosynthese door algen wordt
12
CO2 meer gefixeerd dan 13CO2, waardoor organisch materiaal minder 13C bevat vergeleken
met CO2 in de lucht en opgelost in zeewater (koolstofisotoopfractionering). Gedurende de
tijdsperioden dat grote hoeveelheden organisch materiaal begraven raakten, werden de
atmosferische en marine koolstofvoorraden armer in 12C. Dit werd in het sediment (zowel in
het carbonaat als in het organisch materiaal) vastgelegd als een verschuiving van de stabiele
koolstofisotoopverhouding (13C/12C) naar meer positieve waarden. Twee episoden, het
Toarcien in het vroege Jura (~180 Ma) en het Aptien in het Krijt (~120 Ma), hebben alle
kenmerken van een “koolstofbegraving periode” (OAE genoemd, een afkorting van “oceanic
anoxic event”) maar vertonen behalve de karakteristieke positieve ook een negatieve
verschuiving in de 13C/12C verhouding in het sedimentair archief, in een geologische gezien
kort tijdsbestek (enkele tienduizenden jaren). Deze verandering in de stabiele koolstofisotopen
wordt aangetroffen in organisch materiaal afkomstig van mariene algen en ook van
landplanten. Dit laatste impliceert een wereldwijde verandering in de 13C/12C verhouding van
atmosferische CO2 en daarom is de bestudering van deze periodes van belang voor een beter
begrip van de koolstofkringloop en mogelijk voor toekomstige klimaatveranderingen ten
gevolge van de huidige toename in de atmosferische CO2 concentratie.
De eerst geopperde theoretische verklaring voor de negatieve excursie in de 13C/12C
verhouding in sedimenten, afgezet in de ondiepe Europese zeeën tijdens het Toarcien OAE, is
het hergebruik van CO2 afkomstig van mineralisatie van organisch materiaal. In het Toarcien
lag bijna heel westelijk Europa honderden meters beneden de zeespiegel, en gedurende het
OAE bevatten de diepere waterlagen geen zuurstof door een gebrekkige stroming en het
ontstaan van langdurige stratificatie in dit afgeschermde zeegebied. Afgestorven organisch
materiaal werd afgebroken door bacteriën, en het CO2, met een verlaagde 13C/12C verhouding,
dat daarbij vrijkwam bouwde op in de diepere waterlagen bij langdurige stratificatie. Door
opname van dit gerespireerde CO2 door plankton zou het mariene organische materiaal
tenslotte ook een lagere 13C/12C verhouding kunnen krijgen. Het is nog niet eerder onderzocht
of gerespireerde CO2 inderdaad wordt opgenomen in de mate dat het een negatieve excursie
in de 13C/12C verhouding in het sediment kan veroorzaken. Om dit ‘recycling’ proces te
evalueren werd een veldstudie uitgevoerd in Kyllaren fjord, Noorwegen, waar een permanente
stratificatie aanwezig is, vergelijkbaar met de omstandigheden in de Europese epicontinentale
zeeën in het Toarcien. De zuurstofconcentratie in de waterkolom neemt snel af met de diepte
en is nul in de chemocline op ongeveer 4 meter diepte, daar waar de sulfide concentratie juist
sterk toeneemt. De concentraties en de 13C/12C verhouding van het CO2 en het organisch
materiaal in het fjordwater werden op verschillende diepten gedurende alle seizoenen gemeten
en de resultaten bevestigen de theorie dat een hoge concentratie van gerespireerd CO2 wordt
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opgebouwd in het diepere water, net beneden de chemocline (Hoofdstuk 2). In het
oppervlaktewater boven de chemocline verandert de 13C/12C verhouding van opgelost CO2
gedurende de verschillende seizoenen. In de zomer is de waarde, zoals verwacht kan worden,
in overeenstemming met die van CO2 in water dat in evenwicht is met CO2 uit de lucht. In de
herfst en vroege lente is de 13C/12C verhouding echter sterk verlaagd. Dit kan verklaard
worden door menging met het gerespireerde CO2 uit het diepe water, dat immers een sterk
verlaagde 13C/12C verhouding heeft. Deze menging van oppervlakte water met dieper water
vindt hoogstwaarschijnlijk plaats door de stormachtige wind in deze periode. Met behulp van
een eenvoudige massabalans kon berekend worden dat de bijdrage van gerespireerd CO2
boven de chemocline op kan lopen tot ongeveer 40% van het totale CO2. Als de ‘recycling’
theorie klopt, dan verwachten we dat de 13C/12C verhouding afneemt in het organisch
materiaal van plankton dat groeit in de herfst en vroege lente, wanneer veel gerespireerd CO2
beschikbaar is. Dit gebeurde echter niet in Kyllaren fjord (Hoofdstuk 3). Een mogelijke
verklaring hiervoor is dat andere factoren een belangrijke rol spelen, zoals de mate van
koolstofisotoopfractionering (mate van voorkeur voor 12C) in de algen. De
koolstofisotoopfractionering kan bepaald worden door het verschil tussen de 13C/12C
verhouding van het organisch materiaal en dat van de koolstofbron (in dit geval het CO2
opgelost in het water) uit te rekenen. Er werd vastgesteld dat de fractionering daalt van
ongeveer 22‰ in de zomer tot 3-15‰ in de herfst. Het gevolg hiervan is dat de opname van
gerespireerde
koolstof
gemaskeerd
wordt
door
een
sterk
verminderde
koolstofisotoopfractionering en dat hierdoor het effect op de 13C/12C verhouding van het
organisch materiaal niet waarneembaar is. Deze resultaten ondermijnen de ‘recycling’ theorie
als verklaring voor de negatieve 13C/12C verschuiving in sedimenten. Het is echter mogelijk
dat er wel een langere termijn effect is van het ‘recycling’ proces, aangezien de 13C/12C
verschuiving in het sedimentarchief over een periode van duizenden jaren optreedt.
Een nieuwe methode werd ontwikkeld om een schatting te kunnen maken van de duur
van de stratificatie en/of de diepte van de chemocline in geologische settings (Hoofdstuk 4).
Deze factoren zijn van belang voor de concentratie van opgebouwde, gerespireerde CO2 en de
beschikbaarheid hiervan voor het plankton. In Kyllaren fjord is een soort bacteriën aanwezig,
zogenaamde groene zwavelbacteriën, die een heel specifiek leefmilieu nodig hebben. Deze
bacteriën zetten CO2 om in organisch materiaal met licht als energiebron, maar alleen in een
zuurstofloze omgeving. Dit betekent dat de chemocline in de zone moet liggen waar licht nog
aanwezig is (fotische zone). Omdat groene zwavelbacteriën een kenmerkend carotenoïd
aanmaken dat in het sediment wordt omgezet in karakteristieke producten, weten we dat er in
het geologische verleden periodes zijn geweest waarbij de bovengenoemde bijzondere
milieuomstandigheden heersten in open zeeën en oceanen, bijvoorbeeld de Atlantische
Oceaan tijdens een OAE in het Midden Krijt. Uit het veldonderzoek in Kyllaren Fjord is
gebleken dat de koolstofisotoopsamenstelling van het carotenoïd in alle seizoenen alleen
afhankelijk is van de 13C/12C verhouding van CO2, en dat tijdens de koolstoffixatie een
fractionering van 4‰ optreedt. Met behulp van deze fractionering, de 13C/12C verhouding van
het fossiele carotenoïd, en de 13C/12C verhouding van het organische koolstof en van het
carbonaat (afgezet in de betreffende geologische periode) kan uitgerekend worden wat de
bijdrage van gerespireerd CO2 was op de diepte waar groene zwavelbacteriën leefden, net
beneden de chemocline. Een bijdrage van maximaal 40% werd gevonden in (gedeeltelijk)
geïsoleerde paleomilieus, vergelijkbaar met de hedendaagse meren en fjorden. In open
mariene paleomilieus was de gerespireerde CO2 bijdrage 0% tot 30% met aanzienlijke
geografische variaties. Variaties in de gerespireerde CO2 bijdrage in tijd geven aan dat er een
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verandering in de paleodiepte van de chemocline en/of een verandering in de paleocirculatie
was opgetreden.
Deze nieuwe methode werd toegepast in een studie van de Toarcien sedimenten
afgezet in de ondiepe Europese zeeën (Bekken van Parijs, Frankrijk) (Hoofdstuk 5). Een
aanzienlijke negatieve excursie in de 13C/12C verhouding werd gevonden in het organische
koolstof (3,3‰) en in een chemisch fossiel afkomstig van algen (3,7‰) gedurende het begin
van de koolstofbegraving periode. Aan de hand van de 13C/12C verhouding in een
omzettingsproduct van het carotenoïd afkomstig van de groene zwavelbacteriën kon bepaald
worden dat de bijdrage van gerespireerd CO2 een bescheiden 2% tot 16% bedroeg, en het is
daarom niet waarschijnlijk dat het ‘recycling’ proces een rol speelde in de negatieve excursie
in de 13C/12C verhouding gedurende de Toarcien OAE.
Ook werd de negatieve excursie in de 13C/12C verhouding van de Aptien OAE
onderzocht met behulp van chemische fossielen aan de hand van twee sedimentkernen uit de
vroegere Tethys Oceaan en de Stille Oceaan (Hoofdstukken 6 en 7). Uit deze studie blijkt dat
er tegelijkertijd met de negatieve excursie in de 13C/12C verhouding, ook een verandering
optreedt in de oorsprong van het organische koolstof in de sedimenten; van moeilijk
afbreekbaar ouder materiaal, waarschijnlijk aangevoerd vanaf het continent, naar plaatselijk
geproduceerde plankton materiaal. Dit zou de excursie in de 13C/12C verhouding kunnen
verklaren, ware het niet dat eenzelfde 4‰ verandering ook zichtbaar is in de chemische
fossielen pristaan (afkomstig van algen) en n-alkanen (afkomstig van plantenwassen). De
gelijktijdige verandering in de 13C/12C verhouding van chemische fossielen van mariene algen
en van landplanten op twee ververwijderde locaties geeft aan dat er een verstoring in de
mondiale koolstofkringloop moet hebben plaatsgevonden. De excursie in de 13C/12C
verhouding in landplanten ondersteunt de theorieën dat grote hoeveelheden CO2 met een lage
13 12
C/ C verhouding vrijkwam in de atmosfeer en de oceanen. Voorbeelden van deze theorieën
zijn de spontane verbranding van terrestrische koolstofvoorraden in moerassen, het vrijkomen
van CO2 en methaan door sterke verhitting van steenkool afzettingen als gevolg van
tektonische activiteiten, en de destabilisatie van gashydraten (methaan-ijs) in mariene
sedimenten. Aldus lijkt het dat in zowel het Toarcien als in het Aptien het ‘recycling’ proces
niet de oorzaak kan zijn geweest van de negatieve 13C/12C verhouding, maar dat een
wereldwijde verstoring van de koolstofkringloop moet hebben plaatsgevonden. Het is echter
niet mogelijk om uitsluitsel te geven welke van de voorgestelde mechanismen hiervoor
verantwoordelijk was.
De OAE intervallen van de twee Aptien sedimentkernen bevatten ook een hoge
bijdrage van chemische fossielen afkomstig van stikstof-fixerende cyanobacteriën (Hoofdstuk
7). Deze relatief hoge concentratie werd ook aangetroffen in sedimenten afgezet in de Noord
Atlantische Oceaan tijdens een andere belangrijke OAE aan het eind van het Cenomaan –
begin Turoon (C/T; Midden Krijt, ~93 Ma). In combinatie met de abnormaal lage stabiele
stikstofisotoop-verhouding (15N/14N) zijn het belangrijke aanwijzingen dat N2-fixatie een
belangrijke bron was voor de aanlevering van nutriënten voor de productie van plankton in de
oceanen gedurende de twee OAEs (Aptien en C/T). Daarbij wordt aangenomen dat langdurige
stratificatie en zuurstofloze omstandigheden heersten tijdens de Aptien OAE, ofschoon er
maar schaarse vindingen zijn van chemische fossielen van groene zwavelbacteriën (zoals die
wel in de Toarcien en C/T sedimentafzettingen gevonden zijn).
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