Study of the hydrological cycle using
satellite-borne isotopologue
measurements and model results

Samuel Jonson Sutanto

Utrecht 2015

Institute for Marine and Atmospheric research Utrecht (IMAU)
Faculty of Science, Department of Physics
Utrecht University, the Netherlands

Promotor
Prof.dr. Thomas Röckmann
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Life is like global climate models in predicting the future warming. It is highly uncertain
due to the clouds in between reality and expectation.
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Summary
The circulation of water on Earth that describes the continuous movement of water from
the land to the atmosphere and back again is called the hydrological cycle. The transport
of water vapor through the hydrological cycle is crucial for life on Earth and for our
climate. Water vapor provides rain water for the continental land masses, transports
enormous amounts of energy in the form of latent heat from tropical to high latitudes,
provides the substrate for clouds and ice sheets, which have a strong effect on the energy
balance of the Earth, and is an important contributor to the atmospheric greenhouse
effect. For these and other reasons, the hydrological cycle has been studied intensively.
In the atmosphere, water vapor is transported over large distances and undergoes often
several phase changes, from evaporation to condensation, before returning to the ocean.
These processes leave a characteristic imprint on the isotopic composition of atmospheric
water vapor and the corresponding precipitation. Traditionally, most water isotopologue
studies have investigated mainly the isotopic composition of precipitation because isotope
measurements of water vapor are more complicated and sparse. Over the last-decade,
global-scale measurements of atmospheric water vapor isotopologues (HDO/H2 O) have
become available from different remote-sensing instruments that operate on satellites and
overcome sampling difficulties of water vapor. The main objective of this thesis,
therefore, is to investigate how these measurements and related modeling of
water vapor isotopologues can provide new insight into the hydrological cycle.
This thesis uses mainly two satellite datasets, from the Tropospheric Emission Spectrometer (TES) and the SCanning Imaging Absorption spectroMeter for Atmospheric
CHartographY (SCIAMACHY) and results from the isotope-enabled General Circulation
Model (GCM) ECHAM4. Related datasets such as precipitation from the ERA-interim
and Tropical Rainfall Measuring Mission (TRMM) observations, isotopic composition of
precipitation from the Global Network of Isotopes in Precipitation (GNIP) network, the
Niño-3 index to determine the strength of ENSO (El Niño-Southern Oscillation), and
results from other GCMs equipped with water isotope modules from the Stable Water
INtercomparison Group phase 2 (SWING2) database are also used. Analyses have been
carried out using monthly averaged data both for the satellite HDO/H2 O measurements
and the model results. Using these data, a number of interesting conclusions of the
hydrological cycle have been obtained.
Continental evapo-transpiration is an important component of the continental water
cycle since it transports as much as 60 % of the land precipitation back to the atmosphere
and also consumes about half of the total energy from the sun absorbed by continental
land masses. This thesis discusses several approaches that have been used to estimate
the relative contribution of different evapo-transpiration fluxes and also their limitations
and possible discrepancies between the methods. It is shown that transpiration is the
largest contributor to the evaporation fluxes from continental area and the results from
both isotope and non-isotope based methods are consistent (generally more than 70 %
of transpiration fraction during summer). However, land-surface models tend to produce
10

lower transpiration fraction indicating that a reassessment of model parameterizations is
needed.
Three different satellite datasets (TES version 4 and version 5, and SCIAMACHY)
and the ECHAM model results are examined with focus on large global first order isotope
effects. A number of established isotope effects on the global-scale as well as in the
tropics, linked to the movement of InterTropical Convergence Zone (ITCZ), are observed
in the TES version 5, SCIAMACHY and the ECHAM model. This analysis confirms the
improvement of the new version of TES dataset (version 5) compared to version 4. A
humidity bias correction and a posteriori analyses can be used to avoid complications
arising from the mid troposphere humidity bias when the satellites averaging kernel is
applied to the model results.
In Indonesia, prolonged dry and wet periods are mainly connected to ENSO variability,
which cause drought and flooding events. In this study, two drought indices, Standardized
Precipitation Index (SPI) and Standardized Precipitation Evaporation Index (SPEI), are
calculated using the ECHAM model output and compared with the calculation from insitu observations. The relationships of droughts and ENSO, and of the droughts and the
isotopic composition of water are discussed in detail. The results indicate that isotopic
composition of water vapor is a good climatic indicator for drought and flooding events
and performs even better than the Niño-3 index.
Furthermore, the relations between ENSO, the tropical hydrological cycle, and the
water isotopologues in the entire tropical Pacific are investigated. The focus here is
in particular on the well-known changes of the tropical hydrological cycle at near-surface
levels and higher altitudes and their link with ENSO. For the lower atmosphere, our results
show that rainout processes, less rain re-evaporation of falling droplets, and increase
of convective updrafts and diffusive exchange within the convective systems, play an
important role in producing the “isotope amount effect”. Simultaneously, convective
updrafts control the water vapor at higher altitudes. Our findings contribute to a more
complete understanding of the isotope amount effect.
The GCM simulations submitted to the Coupled Model Inter-comparison Project phase
5 (CMIP5) exhibit a wide range of equilibrium climate sensitivity (ECS; around 1.5-4.5
◦
C warming for a doubling of the CO2 concentration), leading to a wide range in future
warming projections. The source of the discrepancy has recently been attributed to variations in lower tropospheric mixing, and it is investigated here whether differences in lower
tropospheric mixing between models lead to characteristic vertical isotope gradients in
the model, which could potentially be used to “calibrate” lower tropospheric mixing and
thus narrow down the wide range in ECS estimates. The results confirm that regions with
intense mixing and strong convection are marked by a flatter isotopic gradient. However,
a model intercomparison does not show a similar relation: models simulating steeper or
flatter isotopic gradients are not necessarily marked by weaker or stronger mixing (or
smaller/larger ECS). A possible reason for the lack of a corresponding isotope signal
might be that the different “isotope” GCMs vary considerably in the parameterization of
important of hydrological processes and even in the parameterization of the water isotope
fractionation processes themselves.
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The results of this study show that the measurement of water isotopologues from
satellite-borne instruments in conjunction with GCM models provide interesting new information when studying the land-surface-, and atmospheric hydrological cycle.
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Samenvatting
De watercirculatie op aarde, waarin de constante beweging van water van het land naar
de atmosfeer en weer terug wordt beschreven, wordt de hydrologische kringloop genoemd.
Het transport van water in de hydrologische kringloop is cruciaal voor het leven op aarde
en voor ons klimaat. Waterdamp zorgt voor regen op het land, transporteert grote hoeveelheden energie in de vorm van latente warmte van de tropen naar de hogere breedtegraden, vormt de basis voor wolken en ijsmassa’s, wat weer een sterk effect heeft op de
energiebalans van de aarde, en vormt een belangrijke factor in het (versterkte) atmosferische broeikaseffect. Hierom wordt de hydrologische kringloop intensief bestudeerd.
In de atmosfeer wordt waterdamp over grote afstanden getransporteerd en het ondergaat hierbij vaak verschillende faseveranderingen van verdamping tot condensatie, voordat het weer terugkeert naar de oceaan. Deze processen laten een karakteristieke afdruk
achter op de isotopische compositie van atmosferische waterdamp en de bijbehorende
neerslag. Van oudsher hebben de meeste waterdamp-isotopoloogstudies voornamelijk
de isotopische compositie van neerslag bestudeerd, omdat isotoopmetingen van waterdamp gecompliceerder en zeldzamer zijn. In het laatste decennium zijn er echter metingen op wereldschaal van atmosferische waterdampisotopologen (HDO/H2 O) beschikbaar
gekomen van verschillende remote sensing instrumenten die opereren op satellieten en
waar de bemonstering van waterdamp geen probleem meer is. De hoofddoelstelling
van dit proefschrift is daarom om te onderzoeken hoe deze metingen in combinatie met het modeleren van waterdampisotopologen nieuw inzicht kunnen
verschaffen in de hydrologische kringloop.
In dit proefschrift worden voornamelijk twee satellietdatasets gebruikt: die van de
Tropospheric Emission Spectrometer (TES) en die van de SCanning Imaging Absorption
spectroMeter for Atmospheric CHartographY (SCIAMACHY). Daarnaast wordt er gekeken
naar de modelresultaten van het voor isotoopberekeningen geschikte circulatiemodel (General Circulation Models, GCM) ECHAM4. Verder gerelateerde datasets, zoals voor neerslag de ERA-interim re-analysis data en de Tropical Rainfall Measuring Mission (TRMM)
observaties, de isotopische compositie van neerslag van het Global Network of Isotopes
in Precipitation (GNIP), de Niño-3 index om de sterke van de ENSO (El Niño-Southern
Oscillation) vast te stellen en de resultaten van andere GCMs die uitgerust zijn met waterisotoopmodules van de Stable Water INtercomparison Group phase 2 (SWING2) dataset
worden ook gebruikt. De analyses zijn uitgevoerd door gebruik te maken van maandgemiddelde data van zowel de satelliet-HDO/H2 O-metingen als de modelresultaten. Een aantal
interessante conclusies over de hydrologische kringloop zijn verkregen door deze data te
gebruiken.
Evapotranspiratie boven land is een belangrijke component van de continentale hydrologische kringloop, omdat het maar liefst 60 % van de neerslag op land terug naar de
atmosfeer transporteert en ook ongeveer de helft van de totale energie van de zon gebruikt
die geabsorbeerd wordt door continentale landmassas. Dit proefschrift bespreekt verschillende benaderingen, die gebruikt worden om de relatieve bijdrage van de verschillende
13

evapotranspiratie-fluxen in te schatten. Daarnaast worden ook de beperkingen en de mogelijke afwijkingen tussen de methoden beschreven. Er wordt aangetoond dat transpiratie
de belangrijkste bijdrage levert aan de verdampingsfluxen van het land en dat de resultaten
van zowel isotoop- als niet op isotoop gebaseerde methoden consistent zijn (doorgaans
is de transpiratiefractie meer dan 70 % tijdens de zomer). Landoppervlakte modellen
hebben echter de neiging om lagere transpiratiefracties te voorspellen, wat aangeeft dat
een herbeoordeling van modelparameterisaties nodig is.
Drie verschillende satellietdatasets (TES versie 4 en versie 5 en SCHIAMACHY) en
de modelresultaten van ECHAM zijn onderzocht met de focus op grootschalige globale
eerste orde isotoopeffecten. Een aantal van de vastgestelde isotoopeffecten op zowel
wereldschaal als in de tropen, gelinkt aan de beweging van InterTropical Convergence
Zone (ITCZ), zijn waargenomen in de data van TES versie 5, SCHIAMACHY en het
ECHAM model. Deze analyse bevestigd de verbetering van de nieuwe versie van de TES
dataset (versie 5) vergeleken met versie 4. Een luchtvochtigheidsfout-correctie en een a
posteriori analyse kunnen worden gebruikt om complicaties te voorkomen die ontstaan
door de mid-troposferische luchtvochtigheidsfout, wanneer de “averaging kernel” van de
satelliet wordt toegepast op de modelresultaten.
In Indonsië zijn aanhoudende droge en natte perioden voornamelijk verbonden aan de
ENSO variabiliteit, die droogte en overstromingen veroorzaakt. In deze studie worden twee
droogte-indices gebruikt: de Standardized Precipitation Index (SPI) en de Standardized
Precipitation Evaporation Index (SPEI). Deze zijn berekend door gebruik te maken van de
resultten van het ECHAM model en vergeleken met de berekening uit in-situ observaties.
De relatie tussen droogte en ENSO, en tussen droogte en de isotopische compositie van
water worden gedetaileerd besproken. De resultaten wijzen erop dat de isotopische waterdampsamenstelling een goede klimatologische indicator is voor droogte en overstroming
en dat het zelfs betere resultaten laat zien dan de Niño-3 index.
Verder worden in deze studie de relaties tussen ENSO, de troposferische hydrologische kringloop en de waterisotopologen in de gehele tropische Stille Oceaan onderzocht.
De focus ligt hierbij in het bijzonder op de bekende veranderingen in de hydrologische
kringloop op niveaus dicht bij het oppervlak en op grotere hoogtes en hun relatie met de
ENSO. Onze resultaten laten zien dat voor de onderste atmosfeer het proces van uitregenen, de lagere her-evaporatie van vallende waterdruppels en een toename van convectieve
opwaartse luchtstromen en diffuse uitwisseling binnen het convectieve systeem een belangrijke rol spelen in het produceren van het “isotope amount effect”. Tegelijkertijd
beheersen convectieve opwaartse luchtstromen de hoeveelheden waterdamp op grotere
hoogten. Onze bevindingen dragen bij aan een completer begrip van het “isotope amount
effect”.
De GCM simulaties ingediend bij het Coupled Model Inter-comparison Project phase 5
(CMIP5) belichten een wijde variabiliteit van equilibrium climate sensitivity (ECS) schattingen (ongeveer 1.5 C-4.5 ◦ C temperatuurstijging bij een verdubbeling van de CO2
concentratie), wat leidt tot een wijde variabiliteit aan prognoses van toekomstige temperatuurstijgingen. De oorzaak van de afwijking is recentelijk toegeschreven aan variaties in de menging in de lagere troposfeer, en het wordt hier onderzocht of verschillen
tussen de modellen in menging in de lagere troposfeer leiden tot karakteristieke verticale
14

isotoop-gradiënten in het model, wat mogelijk kan worden gebruikt om de lagere troposferische menging te “kalibreren” en dus de wijde variabiliteit in ECS schattingen iets
kunnen verkleinen. De resultaten bevestigen dat regios met intensieve menging en sterke
convectie worden gekenmerkt door een flauwere isotopische gradiënt. Uit de modelvergelijking blijkt echter geen soortgelijke relatie: modellen die sterkere of zwakkere gradinten
simuleren worden niet noodzakelijk gekenmerkt door zwakkere of sterkere menging. Een
mogelijke verklaring voor het gebrek aan corresponderende isotoop-signalen kan zijn dat de
verschillende “isotopische” GCMs aanzienlijk verschillen in de parameterisatie van belangrijke hydrologische processen en zelfs in de paramerisatie van de waterisotoop-fractienatie
processen zelf.
De resultaten van deze studie tonen aan dat de satellietmetingen van water-isotopen
in combinatie met GCM-modellen interessante informatie kunnen verschaffen wanneer er
wordt gekeken naar de land- en atmosferische hydrologische kringloop.
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1

Introduction
“We forget that the water cycle and the life cycle are one”
Jacques Cousteau

1.1

The global hydrological cycle

The hydrological cycle or water cycle describes the continuous circulation of water on
Earth through different reservoirs that are listed in Table 1.1. More than 97 % of all
water on the planet resides in the global oceans, another 2 % in the polar ice sheets and
glaciers. Less than 0.001 % of water is actually in the atmosphere. However, the turnover
time of water in the atmosphere is only about 9 days, which is much faster than the one
of most of the other reservoirs. This means that the atmosphere is a very active reservoir
for the cycling of water on Earth.
The global hydrological cycle comprises a multitude of different components (Fig. 1.1),
which together result in a continuous water cycling. Water is transferred from the surface
to the atmosphere through evaporation from the oceans, open waters, or transpiration
from the plants. When an air parcel rises up in the atmosphere, it cools down and water
condenses from a gas to a liquid to form cloud droplets. The cloud droplets can grow and
when they are heavy enough, they sink down, transporting water from the atmosphere
back to the Earths surface as precipitation. At the surface, a fraction of the precipitated
water returns back to the atmosphere via evaporation and transpiration, but water can also
infiltrate into the ground as soil moisture and groundwater, or return as river runoff to the
ocean or other water bodies where the cycle continues. This cycle involves a continuous
exchange of moisture between the oceans, the atmosphere, and the land, including the
land biosphere.
The global water cycle is a central element for life on Earth and one of the key elements
of the climate system. Water vapor provides rain water for the continental land masses,

Table 1.1

Global water reservoirs and turnover times. Adopted from: Reeburgh (1997).

Oceans
Polar ice, glaciers
Groundwater
Freshwater lakes
Saline lakes
Soil moisture
Atmosphere (water vapor)
Rivers

103 km3

%

Turnover time

1,370,000
29,000
4,000
125
104
67
14
1.32

97.61
2.08
0.29
0.009
0.008
0.005
0.0009
0.00009

37,000 y
16,000 y
300 y
10-100 y
10-10,000 y
280 d
9d
12-20 d
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Figure 1.1 The hydrological cycle (water cycle) on Earth. Source: National Weather
Service Jetstream project, National Oceanic and Atmospheric Administration (NOAA).

transports enormous amounts of energy in the form of latent heat from tropical to high
latitudes, provides the substrate for clouds and ice sheets, which have a strong effect
on the energy balance of the Earth, and is an important contributor to the atmospheric
greenhouse gas effect. Liquid water is of utter importance for human agriculture and
well-being and represents often a limited resource. For these and other reasons, the
hydrological cycle has been studied intensively. In recent years, possible changes in the
hydrological cycle associated with anthropogenic global warming have been in the focus of
intensive research. Although important steps forward have been realized, large challenges
remain in the understanding of ocean evaporation and land evapo-transpiration processes,
as well as cloud formation and precipitation, in particular in tropical regions (IPCC, 2007;
Stevens and Bony, 2013).
Land evapo-transpiration is an important component of the continental water cycle
since it transports as much as 60 % of the land precipitation back to the atmosphere
(Oki and Kanae, 2006) and also consumes about half of the total energy from the sun
absorbed by continental land masses (Trenberth et al. 2009; Seneviratne et al. 2010; see
Fig. 1.2). Figure 1.2 shows that almost half of the incoming solar radiation from the
sun is absorbed by the surface (161 W m−2 ) and half of that energy is transferred to
the atmosphere as latent heat (80 W m−2 ), which means by evapo-transpiration and
re-condensation in the atmosphere. Within the evapo-transpiration fluxes, transpiration
is the largest contributor to the total evapo-transpiration flux (Lawrence et al. 2007;
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Figure 1.2 The global annual mean energy budget of Earth from March 2000 to May
2004 in W m−2 . The arrow size indicates the strength of the respective process. Source:
Trenberth et al. (2009).

Blyth and Harding 2011) followed by canopy evaporation in the tropical rain forest and
soil evaporation (Savenije 2004; Tsiko et al. 2012). Therefore, separation of different
components in the evapo-transpiration flux is necessary for hydrological understanding
and modeling purposes.

1.2

Atmospheric research using water isotopologues

1.2.1 Stable water isotopologues
Atoms are made up of a dense positively charged central nucleus surrounded by negatively
charged electrons. The overall charge of an atom is neutral because the number of
positive particles in the nucleus (protons) equals the number of electrons. Neutrons
are uncharged particles with the same mass as a proton, and the sum of neutrons and
protons is the atomic mass number. The number of protons in a nucleus is fixed for a
given element and actually defines this element, but the number of neutrons can vary
for elements. Isotopes are atoms of the same element that have the same numbers
of protons and electrons but different numbers of neutrons, meaning that the various
isotopes have different masses. We distinguish between stable and radioactive isotopes.
Radioactive isotopes decay spontaneously with a very large range of lifetimes. In this
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Table 1.2 Average natural abundances of hydrogen and oxygen isotopes on Earth. Source:
Mook (2001).
Isotope
1H
2H
3H

Hydrogen
Abundance (%)
99.985
0.015
< 10−15

Isotope
16 O
17 O
18 O

Oxygen
Abundance (%)
99.76
0.038
0.2

thesis we deal exclusively with stable isotopes. Stable isotopes are nuclides that do not
decay to other isotopes on geological time scales although they may be produced by the
decay of radioactive isotopes.
When different elements (atoms) combine to form certain molecules (e.g., two hydrogen atoms and one oxygen atom combine to form a water molecule) several isotopic
varieties of the same chemical molecule can be made out of the different isotopes; these
isotopically different molecules are called isotopologues. The most common isotopologue
of water (HHO) consists of two hydrogen atoms with mass number one (1 H) and an
oxygen atom with mass number 16 (16 O). When a light isotope of hydrogen or oxygen in
water is replaced by a heavy isotope (e.g., 2 H, 17 O, 18 O), various heavy water isotopologues with one or more heavy isotopes can be formed. For atmospheric and hydrological
cycle studies, the water isotopologues, 1 H2 18 O and 1 H2 H16 O or HDO (2 H = D, Deuterium), are commonly used. These water isotopologues are categorized as stable water
isotopologues.
In terrestrial environments, the isotopic compositions of the same molecules in different
reservoirs change because of isotope fractionation processes that often depend on mass.
Different isotopologues behave chemically similar but due to the different masses the
rates of different chemical and physical processes vary slightly. For example, different
isotopologues have different zero point energy levels of the chemical bond, which lead
to different chemical reaction rate coefficients, or different diffusion speed, which causes
physical isotope separation during diffusion.
For the light elements, the heavy isotopes are considerably less abundant than the
most common isotopes. For example, deuterium has a natural abundance in the ocean of
approximately one atom in 6500 H atoms (0.015 %; Table 1.2). The stable isotopologues
17
O and the radioactive isotope 3 H are not used in this study, and are hence not considered
further. Since water is made up of two hydrogen atoms and one oxygen atom, the
isotopologue abundance is the same as the isotope abundance for 18 O (i.e., 0.2 %), but
twice the isotope abundance for D (0.03 %)
1.2.2 Delta notation and fractionation constant
The isotopic composition of a sample is commonly expressed as a fractional difference of
an isotope ratio R relative to a standard ratio and reported in delta (δ) notation:
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δ=

Rsample
Rstandard


−1

(1.1)

where R is the heavy-to-light isotope ratio of a certain element in the sample or standard. In the case of water, 2 R = 2 H/1 H is the deuterium-to-hydrogen ratio in the sample,
and the international standard ratio is Vienna Standard Mean Ocean Water (VSMOW)
with 2 RVSMOW = 155.76 ± 0.05 x 10−6 and 18 RVSMOW = 2005.2 ± 0.45 x 10−6 (Craig,
1961). As isotope variations are generally small, they are normally expressed as per mil
(h) difference from the standard being used. A higher or more positive δ values means
that the heavy isotope content is higher than in the standard (also called “heavier”), and
vice versa for lower or more negative δ values.
Numerous fractionation processes change the isotopic composition of water. Conceptually, two different types of fractionation processes are distinguished, equilibrium and
kinetic fractionation. Equilibrium fractionation means that the two reservoirs that are connected via a chemical reaction or via a phase change remain in contact and can exchange
isotopes to establish a chemical or thermodynamic equilibrium. An important example is
the isotope equilibrium between the liquid/solid and the vapor phase in a closed system.
In this case, the partial pressure of the respective water isotopologues over the liquid of
the pure isotopologues controls the fractionation constant. Fractionation between two
phases can be expressed by the isotopic fractionation factor α (alpha):
αA−B = RA /RB

(1.2)

Where R is the isotope ratio of the two phases A (e.g., water vapor) and B (e.g.,
liquid/solid water). In a closed system and in isotopic equilibrium, the heavy isotopologues
of water are enriched in the condensed phase and depleted in the gas phase.
For kinetic fractionation, the fractionation constant is defined as the ratio of the rate
coefficients of the heavy (index h) and light (index l) isotopologues, i.e.,
α = kh /kl

(1.3)

Kinetic fractionation is associated with incomplete or unidirectional processes and
can add an important contribution to the total fractionation for evaporation from water
surfaces under windy condition or into dry air, evaporation of falling raindrops or formation
of ice crystals in an oversaturated environment.
The enrichment factor εA−B (also called simply “fractionation” between A and B) is
defined as:


RA
− 1 = (αA−B − 1)
(1.4)
εA−B =
RB
The equilibrium isotope fractionation factor (α) is nearly proportional to the inverse of
temperature (1/T ) at low temperatures in Kelvin (Majoube 1971b; Clark and Fritz 1997;
Kendall and Caldwell 1998). Majoube (1971b) calculates the fractionation factor from
liquid to vapor phase based on temperature as:
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Figure 1.3 Relation between δD and δ 18 O (left Y axis), and ratio δD/δ 18 O (right Y axis)
as a function of temperature. Source: Roedel (2000).

106 a 103 b
+
+c
(1.5)
T2
T
T is temperature in Kelvin, constants a, b, and c are a = 1.137, b = -0.4156, and
c = -2.0667 for 18 O and a = 24.844, b = -76.248 and c = 52.612 for 2 H. Thus, under
equilibrium condition, the isotopic enrichment of D and 18 O can be calculated as a function
of temperature (Fig. 1.3).
A second order isotopic quantity, the deuterium excess (d-excess), provides an independent measure of the importance of kinetic effects. It was defined as the scaled difference
between both water isotopologues (Dansgaard 1964):
103 lnαA−B =

d = δD − 8 · δ 18 O(h)

(1.6)

The scaling factor 8 results from the approximate 1:8 relations between equilibrium
fractionations for D and 18 O. Note that this ratio is temperature dependent and thus
not fixed (Fig. 1.3). D then quantifies the difference from this relation, which is strongly
influenced by the kinetic fractionation, arising from the different diffusivities of the different
water isotopologues (HDO and H2 18 O). Therefore, the deuterium excess is often used to
quantify not only the intensity of non-equilibrium processes in general but as specific
proxy for hydrological processes such as lake or ocean surface evaporation conditions,
vapor source regions identification, and moisture recycling.
For a fractionation process associated with a removal reaction, Dansgaard (1964)
developed a simple model of isotopic fractionation. Such a Rayleigh distillation model
describes the depletion of an air parcel from which water vapor is continuously removed,
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e.g., via condensation, and the condensed phase cannot further exchange isotopes with
the gas phase. The isotopic composition of the remaining vapor is then given by:
δD = (δD0 + 1) · f α−1 − 1

(1.7)

Where f is the fraction of initial moisture remaining in the given air mass, α is the
mean effective fractionation factor depending on temperature, and δD0 is the initial δ
value of the vapor.

1.3

The isotope effects

Since the first water isotopologue studies (Craig 1961; Dansgaard 1964) a number of
empirical relationships between the isotopic composition of precipitation and several geographical or climatological parameters have been described. In the 1960s isotope ratio
mass spectrometry had advanced sufficiently to allow many hundreds of isotope measurements within a reasonably short time span. The IAEA, a United Nation organization
situated in Vienna, and World Meteorological Organization (WMO) built a worldwide
precipitation sampling network and carried out isotope measurements on a monthly basis (Fig. 1.4). Since 1961, monthly precipitation samples over hundreds meteorological
stations in more than 125 countries and territories have been collected as a part of the
Global Network of Isotopes in Precipitation (GNIP). When analyzing the isotope data of
the IAEA and relating them to various parameters (local temperatures, latitude, etc.) a
number of relationships, so called “isotope effects”, such as the temperature effect, the
altitude effect, the latitudinal effect and the amount effect were discovered. In the following, the principal isotope effects will introduced, which repeatedly will be used in the
subsequent chapters.
1.3.1 The temperature effect
The temperature effect denotes the spatial relationship between annual (or monthly or
seasonal) mean temperatures and δ values of the respective precipitation (i.e., annual or
monthly or seasonal mean). Such spatial relationships can be found on a regional (e.g.,
Greenland, Antarctica) or even on a global-scale. A linear relationship holds over a wide
temperature range (-55 ◦ C up to 15 ◦ C) at globally distributed stations (Fig. 1.5).
The heavy isotopologues of water become enriched in the precipitation when temperature
increases. A simplified Rayleigh model allows explaining at least qualitatively the observed
temperature effect. Dansgaard (1964) (Eq. 1.8) and Yurtsever (1975) (Eq. 1.9) derived
the relation between monthly temperature (T ) and isotopic composition of precipitation
as:
18

18

δ = 0.695T − 13.6 h

(1.8)

δ = (0.521 ± 0.014) T − (14.96 ± 0.21) h

(1.9)
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Figure 1.4 Global distribution of annual mean δ 18 O (h) in precipitation produced by
interpolation of around 700 GNIP stations. Source: GNIP Brochure, IAEA.

Though the calculation of δ values using observed temperatures is in agreement with
the observed isotopic composition of precipitation from worldwide GNIP stations, the
results are not always valid for any given amount of precipitation. The isotopic composition of individual raindrops is a function of several parameters, e.g., the thermodynamic
conditions during the cooling and the initial composition of the vapor (Dansgaard 1964).
1.3.2 The latitude and altitude effect
The latitude effect and the altitude effect denote linear relationships between δ values
and these geographical quantities. Since both latitude and altitude correlate strongly
with temperature, these effects are partly a direct consequence of the spatial temperature effect. There are some additional mechanisms involved that are independent of the
temperature effect. For instance, the triggering of strong convective activity next to orographic obstacles and the associated strong rainout of the lifted air masses contributes to
the altitude effect.

24

Figure 1.5 The annual mean δ 18 O of precipitation as a function of the annual mean air
temperature at the surface. Source: Dansgaard (1964).

The poleward transport of vapor from warmer regions to colder regions is the main
cause for the latitudinal effect. During their transport from the tropics/sub-tropics to highlatitudes, air masses successively rainout. This rainout process is the main driver for the
shown relationship between the isotopic composition of samples and the respective latitude
(see Fig. 1.6). Though the principal mechanism behind this rainout is the decreasing
temperatures at higher latitudes, the distribution of landmasses on earth contributes to
the latitude effect as well. The main landmasses are situated between 30 ◦ N and 70 ◦ N.
Air masses travelling over land are cut off from additional vapor sources from subjacent
ocean surfaces. Therefore the δ-latitudes relation seems particularly steep from 30 ◦ N
polewards (Fig 1.6). Simplifying one can say that the latitudinal effect is a combination
between temperature and continental effect.
A strong, though slightly non-linear relation between the isotopic composition of water
and altitude is demonstrated using data from the GNIP stations (Fig. 1.7). Again as
expected from the temperature effect, the isotopic composition of precipitation becomes
more negative at higher elevations. Based on Rayleigh model, Siegenthaler and Oeschger
(1980) convoluted the temperature effect and the altitude effect using data from stations
situated on mountain slopes at different altitudes. They found that the δ 18 O and δD
in precipitation are more depleted by -0.2 h and -1.5 h per 100 m altitude increase,
respectively.
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Figure 1.6 Long term annual mean δ 18 O in precipitation from GNIP stations plotted as a
function of latitude. Source: Rozanski et al. (1993).

Figure 1.7 The altitude effect as evident in precipitation samples from the eastern slopes
of the Andes Mountains. The magnitude of the effect is increasing from -0.2 to -0.6 h /
100 m. Source: Gat et al. (2001).

1.3.3 The continental effect
Another geographical isotope effect is the continental effect, which is basically linked to the
distance-from-coast of the respective precipitation sampling site. Along their trajectory
across large continental land, air is disconnected from further oceanic water supply to
compensate for the successive rain events. This leads to an additional distillation or
rainout effect, depleting the travelling air masses on their way to the continental interior.
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The farther the sampling site is from the oceanic vapor source, the more it is altered
by rainout and, thus, the more intense the isotopic depletion. The isotope continental
effect is therefore related to the temperature effect by the classical continentality of
climate. However it adds an additional mechanism to the purely temperature controlled
rainout processes. The strength of the respective continental effect in different parts of
the world depends on the type of the continental surface and its respective vegetation
coverage controlling thereby evapo-transpiration and moisture re-evaporation (Gat and
Matsui 1991).
The water isotopologue map (isoscape) in Figure 1.8 illustrates the distribution of
18
δ O in precipitation over the North American continent. The distribution of δ 18 O was
computed using a multi-linear regression of many climate and geographic parameters (not
the distance to the coast) on the comparably dense network of sampling stations. It
clearly illustrates the above-discussed isotope effects. Mountain chains are marked by
more negative δ 18 O values as a result of the altitude effect (the Rocky Mountains). The
isoscape map gives also a nice illustration of the continental effect. The principal vapor
source of the Central (Great Plaines) and Southern USA is the Gulf of Mexico with its
warm ocean surface temperatures. Along the principal vapor trajectory from the gulf
into the continental interior one observes a spatial isotopic gradient from -4 h to -8 h.
Further clear examples of the continental effect are discussed in the literature for many
regions such as Europe, South America, and less pronounced in Africa due to data scarcity
(Gat and Matsui 1991; Rozanski et al. 1993). The strength of the continental effect varies,
as mentioned above, as a function of the recycling intensity and the associated vegetation
coverage. It varies however also seasonally with typically much steeper isotopic gradients
during winter when recycling is strongly reduced.
1.3.4 The amount effect
In regions with temperatures above ± 15 ◦ C, the linear relation between surface temperature and water isotopologues disappears nearly entirely. Besides of some mountain regions
there is basically no temperature effect in the tropics and large parts of the sub-tropics.
Instead, a relation between the amount of precipitation and its isotopic composition, the
so-called amount effect, appears in the data (Fig. 1.9). This effect is well established on
different spatial and time scales and was first described by Dansgaard (1964). He studied the amount effect on a large spatial scale comparing the annual mean precipitation
and associated isotopic signals measured at a number of tropical islands and computed a
linear regression slope for δ 18 O/precipitation of -1.6 h per 100 mm rain (averaged over
Canton, Christmas, Guam, Johnston, Seychelles and Wake islands). However, the effect
shows up even more clearly on a seasonal scale in tropical/sub-tropical regions with a
marked seasonality in precipitation. But even on a synoptical scale the amount effect is
clearly apparent.
Figure 1.9 demonstrates that the isotopic composition of precipitation is progressively
depleted in heavy isotopologues with increasing precipitation rate over a time span of a
couple of hours. Although the data show an inverse correlation between precipitation
amount and its isotopic composition, the causes and mechanisms leading to the isotope
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Figure 1.8 Continental effect observed in the USA from discharge-weighted mean δ 18 O
values. Source: Kendall and Coplen (2001).

Figure 1.9 Precipitation rate (in mm / 2 hours) and its isotopic composition (a), and
cumulative rain over some periods and its isotopic composition (b). Source: Gat et al.
(2001).

amount effect are still under debate (Dansgaard 1964; Aggarwal et al. 2007; Risi et al.
2008).
Dansgaard (1964) already mentioned a number of possible processes, which may influence the isotope amount effect such as diffusive exchanges with the surrounding vapor,
convection, and re-evaporation of the falling rain. A study from Risi et al. (2008) investigates the amount effect in more detail and shows that it is predominantly affected by two
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main atmospheric processes, 1) re-evaporation of falling rain and diffusive exchange with
surrounding vapor, and 2) recycling of the sub-cloud layer vapor feeding the convective
system. Our study in chapter 5 supports the interpretation of Risi et al. (2008).

1.4

The role of water isotopologues to investigate the
hydrological cycle

In the atmosphere, water vapor is transported over large distances and undergoes often
several phase changes before returning to the ocean. These processes leave a characteristic imprint on the isotopic composition of atmospheric water vapor and the corresponding precipitation. From the first phase change during evaporation from the ocean
surface to condensation of rain droplets and possible re-evaporation of falling raindrops,
the corresponding phase changes are associated with well-known equilibrium and kinetic
fractionation processes. Water isotopologue analysis becomes therefore an important tool
to gain information on the hydrological cycle. For this reason, the IAEA/GNIP network
has goals, which are: (1) to provide data for hydrological investigations within the scope
of water resources inventory, planning and development, (2) to provide input data to verify
and further improve atmospheric circulation models, and (3) to study climate change.
Plant transpiration is the largest flux from the continental land evaporation, however
the fraction of transpiration over total evapo-transpiration is still under debate and poorly
understood. One attractive method to partition the evapo-transpiration flux into its
individual components is the use of isotope measurements. This is because the isotopic
composition undergoes characteristic changes (isotope fractionation) during a number of
physical processes, importantly phase changes and diffusion. As an important example,
evaporation changes the isotopic composition of soil water, whereas transpiration via
plants does not strongly modify the isotopic composition of root water (Ehleringer and
Dawson 1992; Williams et al. 2004). Using these distinct isotope signatures allows the
water isotopologue technique to qualitatively distinguish between soil evaporation and
transpiration, for example studies by Yepez et al. (2003) in Arizona USA, Robertson and
Gazis (2006) in Washington USA, and Sutanto et al. (2012) in the Netherlands.
It is beyond the scope of this thesis to document and exemplify each of these applications of the water isotopologues in present day hydrology but it is interesting to mention
some examples. The isotope composition of precipitation has been used to reconstruct
water sources in Southeast Asia, to investigate water recycling in Amazonia and to study
tropical cyclones (Martinelli et al. 1996; Araguás-Araguás et al. 1998; Ichiyanagi and Yamanaka 2005; Brown et al. 2008; Gat and Matsui 1991). In more classical hydrological
studies, the water isotopologues were used within two-source mixing models to estimate
the contribution of isotopically separated river or groundwater flows (Wels et al. 1990;
Arnold et al. 1995).
About a dozen Global Climate Models (GCMs) are already equipped with water isotopologue diagnostics. Since GCMs are highly complicated and represent non-linear models of many variables and parameters, it is often difficult to evaluate certain parameters
such as regional precipitation patterns. Even a good correspondence between observations
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and model results does not guarantee that the models computed the respective parameter
for the right reason. Adding the water isotopologues to the water cycle of a GCM allows
an independent test for the models hydrology (Hoffmann and Heimann 1997; Schmidt
et al. 2005; Yoshimura et al. 2008).
But also beyond present day applications the water isotopologues were intensively
used in paleo-climatology. In particular the isotope temperature and amount effects were
used as modern analogues to reconstruct past climate. Information on the water isotopic
composition of past precipitation is stored in many different geological archives such as
polar ice caps and glaciers, calcite deposits, sweet water lake deposits or tree ring cellulose.
Most famously this has provided detailed information on temperature variations during
the last glacial-interglacial cycles as far back as 800,000 years (Jouzel et al. 2007; Petit
et al. 1999).
Traditionally, most water isotopologue studies have investigated only water in precipitation, the end product of a multitude of evaporation, condensation and mixing processes.
Isotopic measurements of water vapor are more complicated and are therefore sparse, but
can give important additional information. Recent atmospheric applications focused on
water isotopologues as proxy for exchange processes in the upper troposphere and lower
stratosphere (Webster and Heymsfield 2003; Payne et al. 2007; Steinwagner et al. 2007),
but only few in-situ measurements of the isotopic composition of lower tropospheric water vapor are available (Ehhalt et al. 1977; Lawrence et al. 2004; Schneider et al. 2006;
Wunch et al. 2010). The Project for Intercomparison of Land Parameterization Schemes
(PILPS) has devoted a special subproject (iPILPS) to the set-up and validation of water
isotopologue schemes in land models (see e.g., Henderson-Sellers et al. 2006; Fischer and
Sturm 2006).

1.5

Global water vapor isotopologues from satellites and model

Classical mass spectrometric techniques were principally used to measure liquid water samples, for example in the IAEA/GNIP network. However, measuring the isotopic composition of water vapor was much more difficult and therefore much more scarce. Comparably
large air volumes had to be pumped into a cooling system to extract carefully the contained water vapor without additional fractionation. Only very few studies on the isotopic
composition of water vapor were published. Most of them concentrated on the technical
aspects of the extraction procedure itself (Ehhalt et al. 1989; Franz and Röckmann 2005).
Moreover, isotopic measurements of extremely dry air from high altitudes or from polar
sampling stations in Antarctica turned out being impossible due to these difficulties. In
summary, the extraction of liquid water for subsequent spectrometric measurements was
an extremely time consuming and expensive technique which basically made systematic,
long term monitoring of water vapor hardly possible. This technical problem represented
a major limitation for a full use of the water isotopologues. Even an extensive network
such as the IAEA/GNIP only sampled precipitation, which represents less than 99 % of
all water in the atmosphere. The full dynamics of the atmospheric water cycle and the
bulk of atmospheric water were not accessible for isotope sampling.
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It was only in the last decade that optical instruments overcame sampling difficulties
of water vapor. New spectroscopic techniques have provided us with fast and comparably cheap measurements of the isotopic composition of water vapor and the number of
measurement stations is quickly increasing.
Because of their global coverage, satellite measurements potentially can fill the gaps
between in-situ isotopic vapor measurements. Over the last decade, new datasets from the
Tropospheric Emission Spectrometer (TES) aboard the Aura spacecraft (Worden et al.
2006, 2007) and from the SCanning Imaging Absorption spectroMeter for Atmospheric
CHartographY (SCIAMACHY) instrument aboard the ENVISAT satellite were published
(Frankenberg et al. 2009) and revealed quantitative information about tropical water
recycling such as rain evaporation (Worden et al. 2007), convection (Risi et al. 2010;
Samuels-Crow et al. 2014), moistening and dehydration (Brown et al. 2013). Other
remote sensing datasets delivered information on the isotopic composition of vapor at
tropopause level or even in the stratosphere (the Michelson Interferometer for Passive
Atmospheric Sounding (MIPAS) on Envisat; Payne et al. 2007; Steinwagner et al. 2007).
These data represent important additional information on the sources and sinks of water
vapor in the stratosphere, which acts as a very effective greenhouse gas at high altitudes
(Solomon et al. 2010).
On the other hand, the physics of the different water isotopologues has been incorporated in general circulation models (GCM). The observed spatial and temporal variations
of the isotopic content of precipitation from the GNIP network have been used to examine water sources and the relationship between the water isotopologues and climate
from the GCM models (Noone and Simmonds 2002; Hoffmann et al. 1998; Jouzel et al.
1997; Yoshimura et al. 2008; Risi et al. 2010). In the following, only two satellite datasets
(TES and SCIAMACHY) and the ECHAM4 (European Center HAMburg 4) model that
are mostly used in the work presented in this thesis are described.
1.5.1 SCIAMACHY data
The SCIAMACHY instrument aboard the European Space Agency (ESA) environmental research satellite ENVISAT measured between 2003 and 2012 near short-wave infrared spectra, which allows the retrieval of total column abundances of H2 O and HDO
(Frankenberg et al. 2009; Scheepmaker et al. 2013, 2015). SCIAMACHY has high sensitivity throughout the entire atmospheric column down to the surface. The SCIAMACHY
spectrometer has relatively high spectral resolution (0.2 nm to 0.5 nm) and covers a wide
wavelength range (240 nm to 1700 nm and 2000 nm to 2400 nm) with an apodized spectral resolution of 0.85 cm−1 , which enables SCIAMACHY to detect many different gases,
clouds and aerosols. In addition, SCIAMACHY has three different viewing geometries,
which are nadir, limb and sun/moon occultation. HDO data were retrieved from nadir
measurements using a narrow wavelength interval from 2355 to 2375 nm (Frankenberg
et al. 2009). The footprint area of an individual HDO measurement is 120 by 30 km.
HDO data used in this study are temporally averaged from 2003 to 2007. Detailed information about the retrieval procedure and data processing can be found in Frankenberg
et al. (2009) and Scheepmaker et al. (2015). For SCIAMACHY, the δD total column is
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calculated from the retrieved HDO and H2 O columns, in contrast to TES where the δD
is very close to an optimal estimation product calculated from the spectral radiances (see
below).
1.5.2 TES data
The Tropospheric Emission Spectrometer (TES) aboard the Aura satellite is an infrared
Fourier Transform Spectrometer (FTS), which measures the spectral infrared (IR) radiances between 650 cm−1 and 3050 cm−1 in the limb and a nadir viewing mode. HDO
and H2 O abundances were obtained from TES thermal radiances between 1200 cm−1 and
1350 cm−1 (7400 to 8300 nm in wavelength) with an apodized spectral resolution of 0.1
cm−1 for the nadir view. The footprint is 5.3 by 8.4 km in the nadir-viewing mode. In
this configuration, TES provides vertical information of abundant atmospheric species,
such as O3 , CO, CH4 , H2 O and HDO (Worden et al. 2006). For the version 4 dataset,
weighted mean values of the isotopic composition were provided for the height interval
500 to 850 hPa, where the HDO measurements have the highest sensitivity. Detailed
information about TES data in general and the TES water isotopologue dataset can be
found in Worden et al. (2004, 2006).
The TES retrieval version 5 (TES V5) has an improved sensitivity near the surface
and covers the altitude range from 900 hPa to 350 hPa (Worden et al. 2012). The
increased number of radiance measurements used for retrieval and the change of both
the hard constraints (e.g., retrieval levels and mapping matrices) and the soft constraints
(e.g., constraint matrix) in the version 5 dataset improve the TES V5 sensitivity (Worden
et al. 2012). A good indicator for retrieval sensitivity is the number of degrees of freedom
(DOF), which shows how well the retrieved signal is able to capture the variability of the
true distribution. There number of data points at higher latitudes that pass the applied
DOF criteria is much higher for TES V5 than TES V4 (see Fig. 5 in Worden et al. 2012)
indicating clearly the improvement of data quality. The data used in this study are TES
data measured from 2004-2011 for both satellite product version 4 and 5. During this
time interval, TES had good spatial and temporal resolution. Filtering procedures have
been applied to both versions with the same criteria, such as Degree Of Freedom signal,
DOF > 0.5 and Species Retrieval Quality, SRQ = 1, in order to have an equal comparison.
1.5.3 The ECHAM4 model
The ECHAM atmospheric GCM was developed at the Max-Planck Institute for Meteorology in Hamburg. It is an atmospheric general circulation model (Röckner et al. 1996),
which was used within the CMIP4 (Coupled Model Intercomparison Project; Covey et al.
2003) model inter-comparison study. Similar to the ECMWF forecast model, from which
the ECHAM model was developed, it uses the spectral transform method for the “dry dynamics” (i.e., wind, temperature) but uses a semi-Lagrangian transport scheme for humidity and tracers such as the water isotopes (Williamson and Rasch 1994). The land surface
scheme is based on a simple “bucket scheme” balancing the fluxes of heat and moisture
over continental surfaces. Vegetation coverage and its influence on evapo-transpiration
and runoff in dependence of the soils water holding capacity are parameterized in a highly
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idealized way. The models cloud scheme distinguishes between stratiform clouds typical
for the extensive cloud bands of the extra-tropics and a convective cloud scheme dominating in tropical regions (Tiedtke 1989). A water isotope module was added to the
AGCMs model physics and tracks the different water isotopologues (H2 18 O, HDO, etc.)
in each part of the AGCMs hydrology (Hoffmann et al. 1998). Each phase change is associated with temperature- and humidity-dependent isotopic fractionation processes, which
are well known from laboratory experiments. The water isotope module allows therefore
computing the full 4-dimensional distribution of the water isotopologues in all simulated
water reservoirs of the ECHAM model.
The ECHAM4 version used in this study was run with a spatial resolution of 2.8 ◦ by
◦
2.8 (spectral resolution T42), with a vertical sigma-pressure hybrid resolution of 19 layers
extending from the surface to 10 hPa. The ECHAM4 model was “nudged” by a spectral nudging technique (von Storch et al. 2000) specifically developed for the “spectral”
ECHAM model. This procedure guarantees a good representation of past atmospheric
conditions since the simulated wind fields are forced to be close to the ERA40 reanalysis
data. It has been shown that this approach considerably improves both, precipitation
and its isotopic composition for specific months, compared to climatological means. The
ECHAM4 model was nudged over the period 1971-2001. Detailed information about
ECHAM4 can be found in Hoffmann et al. (1998).

1.6

Research questions and outline

The main research question addressed in this thesis is: How can measurements and
modeling of water vapor isotopologues help to study the hydrological cycle? In
the following, this study focuses on different aspects of the hydrological cycle:
• How accurate is the isotope-based approach to determine the contribution of transpiration to total evaporation? (Chapter 2).
• How good are the satellite data and an isotope-enabled global circulation model in
representing the first-order isotope effects on the global-scale? (Chapter 3).
• Are changes in the isotopic composition of water useful climatic indicators for
drought and flooding events? (Chapter 4).
• What atmospheric processes control the isotopic composition of water vapor in the
lower and middle troposphere during ENSO (El Niño Southern Oscillation) events
in the Central and West Pacific regions? (Chapter 5).
• Does the strength of lower tropospheric mixing and climate sensitivity leave an
imprint in isotopic composition of water vapor (Chapter 6)?
Transpiration is the largest contributor of water to the hydrological cycle from the
terrestrial ecosystem. Several approaches have been used to estimate quantitatively the
relative contribution of these different fluxes. Since the isotopic composition of the transpirative flux from vegetation is different from the other fluxes, a two-flux model was
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developed based on different isotopic constraints. This longtime existing isotope-based
method is introduced in Chapter 2 and compared with other methods such as the hydrometric method and estimates based on land-surface models. The study discusses the
limitations and accuracy of each method and analyzes to which point the isotopic method
produces results that systematically diverge from the other methods.
Chapter 3 examines three different satellite datasets (TES version 4 and version 5, and
SCIAMACHY) and compares them with model results focusing particularly on the first
order isotope effects presented above. A major point of this analysis is the improvement
of the new version of TES dataset (version 5) compared to version 4 clearly showing up
when using the classical isotope effects as a benchmark to evaluate the satellite datasets.
It is a central point for this analysis that the model results have to be modified so that
they mimic the specific way the satellite instrument is observing the atmosphere. The
humidity bias of the model relative to the observations can translate into strong biases in
the modeled isotopic composition when compared to the observations. Clear differences in
the performance of the observational data are identified by studying the seasonal variations
of the isotopic composition of water near the Inter Tropical Convergent Zone (ITCZ).
Chapter 4 presents a correlation analysis of drought with an important ENSO index
on the one hand and the isotopic composition of water on the other hand in the West
Pacific (Indonesia). In this chapter, two drought indices, Standardized Precipitation Index
(SPI) and Standardized Precipitation Evaporation Index (SPEI), are calculated using the
ECHAM4 model outputs and compared with the calculation from in-situ observations.
The relationship of droughts and ENSO, and of the droughts and the isotopic composition
of water are discussed in detail. The performance of SPI and SPEI as indicators of the
drought strength is validated based on data from paddy field damages during documented
drought events.
Chapter 5 again discusses the relations between ENSO, the tropical hydrological cycle, and the water isotopologues. The region of interests in this chapter is the entire
tropical Pacific. The focus here is in particular on the well-known changes of the tropical
hydrological cycle and their link with ENSO. During an El Niño event, convective activity
shifts from the West Pacific Warm Pool to the Central Pacific. The study shows that
these shifts of convective activity in the tropics provoke specific patterns of the water
isotopologues, which can be explained by a set of mechanisms such as re-evaporation
of raindrops and associated isotopic equilibration between vapor and rain, and mixing of
convectively uplifted low level air into the middle atmosphere. The proposed mechanisms
link the isotopic composition of water to specific processes in the hydrological cycle. Our
findings contribute to a more complete understanding of the isotope amount effect.
GCMs react quite differently when forced with the same external radiative forcing
such as the rise of atmospheric greenhouse gas concentrations. For the same forcing
(2 times of CO2 ) the GMCs that participated in the Intergovernmental Panel on Climate
Change (IPCC) model inter-comparison project computed for example a temperature range
between 1.5-4.5 ◦ C (Andrews et al. 2012; Sherwood et al. 2014). It is widely accepted
that the existing spread of simulated climate sensitivities is associated to the interaction
between tropical oceans, cloud dynamics and associated radiative feedbacks. In recent
publications, a link was made between tropospheric mixing, low-level cloud formation and
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the respective modeled climate sensitivity (Sherwood et al. 2014; Su et al. 2014). A study
in chapter 6 uses the isotopic composition of water to study the inter-model spread in
lower tropospheric mixing and relates this spread to the models climate sensitivity and
simulated vertical isotopic gradients. This study uses results from 10 isotope-enabled
GCM models and compares the model results with the TES observations. Following
former studies the study focuses on one specific and simplified component of tropospheric
mixing, small-scale mixing. This component is quantitatively estimated by comparably
simple atmospheric indices and compared with simulated water isotope patterns. The
final aim of such an approach is the future use of the isotopic composition of water in
climate models to evaluate respective hydrological responses in these models, which could
contribute to more reliable predictions of the future climate changes.
The last chapter (chapter 7) concludes the thesis by summarizing the main results and
proposing directions for further research.
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2

Continental transpiration from
difference approaches

“What we are doing to the forests of the world is but a mirror reflection of what we are
doing to ourselves and to one another”
Mahatma Gandhi
Based on: Sutanto, S. J., van den Hurk, B., Dirmeyer, P. A., Seneviratne, S. I., Röckmann, T., Trenberth, K. E., Blyth, E. M., Wenninger,
J., Hoffmann, G (2014), A perspective on isotope versus non-isotope approaches to
determine the contribution of transpiration to total evaporation. Hydrol. Earth Syst. Sci.,
18, 2815-2827, doi:10.519/hess-18-2815-2014.
Abstract
Current techniques to disentangle the evaporative fluxes from the continental surface into a
contribution evaporated from soils and canopy, or transpired by plants, are under debate. Many
isotope-based studies show that transpiration contributes generally more than 70 % to the total evapo-transpiration, while other isotope-independent techniques lead to considerably smaller
transpiration fractions. This study provides a perspective on isotope-based versus non-isotopebased partitioning studies. Some partitioning results from isotope-based methods, hydrometric
measurements, and modeling are presented for comparison. Moreover, the methodological aspects of the partitioning analysis are considered, including their limitations, and explanations of
possible discrepancies between the methods are discussed. We suggest sources of systematic
error that may lead to biases in the results, e.g., instruments inaccuracy, assumptions used in
analyses, and calibration parameters. A number of comparison studies using isotope-based methods and hydrometric measurements in the same plants and climatic conditions are consistent
within the errors; however, models tend to produce lower transpiration fractions. The relatively
low transpiration fraction in current state-of-the-art land-surface models calls for a reassessment
of the skill of the underlying model parameterizations. The scarcity of global evapo-transpiration
data makes calibration and validation of global isotope-independent and isotope-based results
difficult. However, isotope-enabled land-surface and global climate modeling studies allow for
the evaluation of the parameterization of land-surface models by comparing the computed water
isotopologue signals in the atmosphere with the available remote sensing and flux-based data
sets. Future studies that allow for this evaluation could provide a better understanding of the
hydrological cycle in vegetated regions.

2.1

Introduction

Continental evapo-transpiration (including transpiration, soil evaporation, and canopy
evaporation) is an important process controlling energy and mass exchange between the
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terrestrial ecosystems and the atmosphere (Seneviratne et al. 2010). Transpiration is
the largest contributor to the evapo-transpiration fluxes from continental areas (Lawrence
et al. 2007; Blyth and Harding 2011; Jasechko et al. 2013). Therefore, many studies
have been carried out to quantify the transpiration fraction through direct measurements
or techniques disentangling the various evapo-transpiration components. Direct measurement of transpiration has been performed for decades, but the accuracy and separation
of transpiration from total evapo-transpiration still remain a challenge. The fraction of
transpiration to the total evapo-transpiration flux obviously depends upon the nature and
state-of-the-surface, such as the presence of lakes or the seasonality of vegetation (growing in the spring or dormant in autumn). These conditions generate variability in each
evapo-transpiration component and complicate the separation of the various components.
There are many methods and techniques to quantify this transpiration fraction. A
conventional method for partitioning evapo-transpiration is the combination of hydrometric measurements such as sap flow to measure transpiration rate with other methods to
calculate total evapo-transpiration (Kelliher et al. 1992; Herbst et al. 1996; Roupsard et al.
2006; Mitchell et al. 2009; Cavanaugh et al. 2011). Soil evaporation is then calculated
from the difference of total evapo-transpiration and transpiration with the assumption that
canopy evaporation is a small component and can be neglected. More recent methods analyze the isotopic composition of liquid water and water vapor (Yepez et al. 2003; Ferretti
et al. 2003; Williams et al. 2004; Xu et al. 2008; Lai et al. 2006; Robertson and Gazis 2006;
Wang et al. 2010; Sutanto et al. 2012; Jasechko et al. 2013). This method has become
common since measurements of stable isotopologues in precipitation and water vapor are
relatively easy and robust. Other methods use global land-surface models (Choudhury and
DiGirolamo 1998; Dirmeyer et al. 2006; Oleson et al. 2004). In the land-surface models,
the contribution of each evapo-transpiration component is principally simulated from the
land-surface scheme due to, for example, turbulent transfer, moisture limitations, and
plant physiology. Although all methods above can estimate the transpiration fraction,
results from these methods vary. In general, isotope-based methods tend to result in a
higher transpiration fraction than other methods. Jasechko et al. (2013) estimated the
global transpiration fraction to be 80-90 % of the total evapo-transpiration from land,
which implies a more dominant role of transpiration than most other previous studies. The
transpiration flux in that study was calculated using the isotope mass balance method in
lake catchments where the isotopic composition of the evaporative flux was estimated
using an evaporation model applied to the isotopic composition of the lake water.
This study provides a perspective on the isotope-based method for isolating the contribution of transpiration to the total evapo-transpiration flux. As canopy evaporation is
neglected in most isotope-based studies, the study mainly discusses evapo-transpiration
as a combination of transpiration and soil evaporation only. Some partitioning results
from hydrometric measurements and modeling are presented for comparison. Also how
the partitioning studies have been carried out, their limitations, and the possible causes
of the discrepancies between those methods are discussed briefly.
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2.2

Methods to derive the transpiration fraction of
evapo-transpiration

2.2.1 Isotope-based method
The use of stable water isotopologues (principally H2 18 O and 1 H2 HO) as tracers present
a new and important technique to enable flux tracing within the soil-plant-atmosphere
continuum (SPAC) system (Dawson and Ehleringer 1998; Mook 2001; Zhang et al. 2010b;
Wenninger et al. 2010). Processes like water diffusion and phase changes affect the partial
pressures of the different water isotopologues. The lighter isotopologues preferentially
evaporate from bare ground and open water surfaces such as oceans and lakes, and leave
the condensate phase enriched in the heavier isotopologue. In contrast, transpiration
does not modify the isotopic composition of the remaining groundwater since there is no
isotopic fractionation during water uptake and transport in roots and stems (Ehleringer and
Dawson 1992; Dawson and Ehleringer 1998; Tang and Feng 2001; Williams et al. 2004).
This distinct isotopic difference makes water isotope analysis an interesting diagnostic for
a quantitative separation between the evapo-transpiration flux from bare soils and open
water on the one hand, and plant transpiration on the other hand.
Earlier studies to measure transpiration using stable isotope measurements have been
carried out on eucalyptus trees by Calder et al. (1986), Calder (1992), and Calder et al.
(1992). They injected deuterated water (D) into tree roots and measured the transport
of deuterium in stem water from roots to leaves as a tracer. Transpiration was calculated
based on the total mass of tracer administered and the concentration in the stem water.
The isotope mass balance method is used to quantify the transpiration fraction. This
method is based on a simple two-source mixing model, where evapo-transpiration (FET )
is a sum of soil evaporation (FE ) and transpiration (FT ):
FET = FT + FE

(2.1)

where F denotes a flux and subscript ET stands for evapo-transpiration, T for transpiration and E for soil evaporation. When each flux has its characteristic isotopic composition δ, the isotopic mass balance is
FET δET = FT δT + FE δE

(2.2)

Transpiration and soil evaporation fluxes can be derived from Eq. (2.2) according to
Zhang et al. (2010b):
FE =

δT − δET
FET
δT − δE

(2.3)

FT =

δET − δE
FET
δT − δE

(2.4)

The total evapo-transpiration flux (FET ) can be directly calculated using hydrometric
methods as described in Sect. 2.2.2 (eddy covariance, Bowen ratio, lysimeter, etc).
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The isotopic composition in each evapo-transpiration component can be obtained
from direct measurements (e.g., using a bare soil lysimeter), and calculated using empirical methods. The Craig-Gordon formulation has often been used to calculate the isotopic
composition of transpiration (δT ) and soil evaporation or open water evaporation (δE ;
Craig and Gordon 1965). The principle of this conceptual method is that the isotopic
composition of the net soil evaporation or transpiration (extended Craig-Gordon model)
flux can be derived as a function of environmental parameters (e.g., temperature, humidity). In this model, measurements of isotopic composition in the evaporating front of soil
water (δe ), isotopic composition in water vapor (δv ), temperature, and relative humidity
are required to calculate δE . For this method, the determination of the depth of the evaporating front and isotopic composition of water vapor are crucial. The soil evaporating
front, which is defined as the transition zone between the liquid and vapor diffusion, can
be determined from the profiles of soil water isotopic composition. This position (usually
between 0.1 and 0.5 m; Barnes and Allison 1983; Dawson and Ehleringer 1998; Clark and
Fritz 1997; Wang and Yakir 2000; Sutanto et al. 2012) is clearly marked by the enrichment
of heavy isotopes in the soil water above the front due to soil evaporation and depletion
of heavy isotopes in the soil water below the front due to diffusion and capillary rise (see
Fig. 2.2). This implies that detailed measurements of the isotopic composition of soil
water in the vertical soil profile are needed. The isotopic composition of water vapor can
be measured directly; sometimes it is assumed that δv is in equilibrium with precipitation.
The isotopic composition of transpiration can be estimated from measurement of water
in leaves, or calculated based on an empirical method (e.g., Craig-Gordon method). In
the Craig-Gordon method, the isotopic composition of transpiration is calculated from the
modeled values of leaf water enrichment (δL ). Under steady-state conditions, the isotopic
composition of leaf water is assumed equal to the isotopic composition of plant source
water, being stem water or soil water in the rooting zone. However, this assumption is
generally not satisfied for short (hourly to daily) timescales and not valid under rapidly
changing environmental conditions (Yepez et al. 2005; Lee et al. 2007b; Welp et al. 2008;
Xu et al. 2008; Zhang et al. 2010b; Wang et al. 2012a). Some studies observed that a
modeled transpiration under the steady-state assumption (SSA) is similar to measurements
when stomata were fully open. This condition is only met during the afternoon (Yepez
et al. 2005; Farquhar and Cernusak 2005; Lai et al. 2006; Zhang et al. 2010b). Some
methods exist to estimate the isotopic composition of leaf water in non-steady-state
conditions. A non-steady-state model proposed by Dongmann et al. (1974), and the
Farquhar-Cernusak model (Farquhar and Cernusak 2005) can be used to calculate δL (see
also Zhang et al. 2010b). According to Farquhar and Cernusak (2005), the degree of
isotopic enrichment of transpired water under non-steady-state conditions is related to
the leaf water content and its isotopic enrichment above source water (isostorage), and it
changes over time in the leaf. Wang et al. (2010, 2012a) describe a method to measure
δT using a customized leaf chamber in a 100 % N2 atmosphere. This method requires
a measurement of water vapor isotopic composition and water vapor concentration to
estimate the δL signal.
A method commonly used to estimate isotopic composition of evapo-transpiration
(δET ) is the Keeling plot approach (Keeling 1958). It expresses a mass balance relationship
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by plotting the isotopic values of air samples at different heights above the ground (δV )
against the inverse of concentration of the substance of interest, for instance, water vapor
mixing ratios (Yepez et al. 2003; Xu et al. 2008; Zhang et al. 2010b). This results
in a linear relationship where the vertical intercept reflects the isotopic composition of
evapo-transpiration (δET ). This method uses three assumptions: (1) there is no loss of
water vapor from the system apart from turbulent mixing with the atmosphere, (2) the
atmospheric concentration of vapor in the system combines the input from background
vapor and an additional component from local evapo-transpiration, and (3) the isotopic
composition of the two sources does not change during measurements. Again, this method
assumes steady state for δET over the sampling period, which is not always valid in nature.
2.2.2 Hydrometric method
Measurements of direct transpiration are available using hydrometric devices. A widely
used quantity to determine continuous transpiration through tree stems and branches is sap
flow (Granier 1985). However, sap flow measurements need to be combined with methods
measuring total evapo-transpiration to quantify the relative contribution of transpiration
to the evaporating flux. Eddy covariance, Bowen ratio techniques, and lysimeters are
commonly used in combination with sap flow to calculate the evapo-transpiration.
Measurement of transpiration using the sap flow method is based on asymmetric heat
transfer by upward- or downward- moving tissue moisture. There are three well-known sap
flow methods, which are Heat Pulse Velocity (HPV), Heat Field Deformation (HFD), and
Thermal Dissipation (TD). In the HPV and HFD methods, the Thermal Dissipation Probe
(TDP) needles are implanted in the active xylem up- and downstream from a heat source,
whereas in the TD method, the TDP is installed downstream from the heat source. The
velocity of water through the plant is minimal when the temperature difference between
two needles is maximal. On the other hand, the velocity of water increases when the
temperature difference decreases.
Evapo-transpiration measured by the eddy covariance system is defined as the flux of
H2 O through a horizontal plane above the canopy. Simultaneous high-frequency vertical
wind speed and atmospheric water vapor measurements are needed since this method
correlates fast fluctuations of vertical wind speed with fast fluctuations in atmospheric
water vapor density (Nouri et al. 2013).
Another method to measure evapo-transpiration is the Bowen ratio energy balance.
This is a micrometeorological method used to estimate latent heat flux, which is calculated
by measurements of the temperature and humidity gradients above the canopy (Bowen
1926). Unlike the eddy covariance and lysimeter methods it is an indirect method; it uses
the ratio of the temperature and moisture gradient to partition the available energy (net
radiation minus soil heat flux) over latent and sensible heat fluxes.
A lysimeter measures the evapo-transpiration loss by weighing an isolated soil sample.
Ideally, lysimeters should contain undisturbed soil samples to represent the direct surroundings. Evapo-transpiration is calculated from the weight change over time, corrected
for precipitation gains and losses (e.g., drainage water and percolate water).
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More methods to determine the evapo-transpiration exist (Brutsaert 1982; Shuttleworth 1993). A summary of the advantages and disadvantages of these hydrometric
methods can be found in Nouri et al. (2013) (Table 2.1).
2.2.3 Evapo-transpiration components in global land-surface models
In land-surface models, a simple water balance method is commonly applied to calculate
surface fluxes. Evapo-transpiration as one of the water balance components is calculated
as a sum of soil evaporation, transpiration, and canopy interception. Each of these fluxes
can be estimated separately using a collection of methods. The most common methods to
calculate soil evaporation and transpiration are the ones developed by Priestly and Taylor
(Priestly and Taylor 1972) and by Penman and Monteith (Monteith 1981). Horton’s
model adopted for partial canopy cover can be used to calculate interception (Horton
1919). All these methods require many parameters such as climatological and vegetation
parameters, which can be obtained from the satellite data and measurements. An example
of this partitioning work can be seen in Choudhury and DiGirolamo (1998).
The development of remote sensing technology has improved the representation of
vegetation in these models. In recent land-surface models, Leaf Area Index (LAI) is an
important component in formulating soil evaporation, transpiration, and canopy evaporation. Lawrence and Slingo (2004) described in detail the use of LAI in the land-surface
model Met Office Surface Exchange Scheme (MOSES2) to estimate individual evaporation components. In this model, the distribution of soil evaporation and transpiration is
controlled by two MOSES2 extinction parameters: the extinction coefficient for photosynthetically active radiation (kpar ) and a shading factor controlling the fraction of the
surface that is exposed to the atmosphere above the canopy (ksh ). Adjusting these two
parameters leads to adjusting the transpiration fraction. Increasing kpar means decreasing
the fraction of light for photosynthesis and therefore will decrease the transpiration fraction. On the other hand, decreasing ksh increases the fraction of surface exposed to the
atmosphere and therefore will increase the contribution of soil evaporation. The precise
values for these two parameters in land-surface models remain a source of uncertainty
(Lawrence and Slingo 2004).
Another attempt to separate the different evapo-transpiration terms is applied using
the Community Land Model Version 3 (CLM3; Collins et al. 2006). Lawrence et al. (2007)
noted that this model partitions the global evapo-transpiration fraction in an unrealistic
manner, giving 13 % ET , 44 % ES , and 43 % EI . In their study, they tried to improve
the fraction of transpiration in the CLM3 model by modifying several parameters and
performing a sensitivity analysis. These efforts increase the final transpiration fraction
in the CLM3 model from 13 to 44 %. However, this value is still somewhat lower than
results from the Global Soil Wetness Project 2 (GSWP2; Dirmeyer et al. 2006), which
calculates a transpiration fraction of 48 %.
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Table 2.1

Summary of hydrometric methods (adopted from Nouri et al. (2013)).

Methods

Advantages

Disadvantages

Sapflow

- direct measurement of transpiration
- cheap
- manual or automatic measurement

- point-based measurement
-only works for woody species
- some errors may occur from the
space between probes, the variable geometry of stems, the variation of heat
ratio, and uncertainty in measuring soil
and understory evaporation

Eddy covariance

Bowen ratio energy
balance

- individual plant coefficient can be determined
- accurate technique to study plant
ecophysiology and water scheduling
- direct method to study mixed vegetation
- Suitable for large areas
- feasible to predict evaporation and no
need for specific evaporation equation
for different species
- simple and cheap

- can measure evaporation even from
non-watered plantation surface

Lysimeter
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- proved to be a robust method in
many forestry areas
- easy for inspection
- manual or automatic measurement

-expensive
- need well-trained operators in electronics
- need a monitoring tower above
canopy and a uniform fetch
- need uniform fetch for accurate measurement of net radiation and soil heat
flux
- need an adequate elevation above the
canopy to collect the required meteorological data
- sensitive to the bias of instrument
gradient and energy balance
- point-based measurement
- very sensitive to different vegetation
conditions inside and outside lysimeter
- not practical for mixed vegetation
types at large spacing
- must consider plant root development
- may have edge-flow effect
- difficult to install and maintenance

2.3

Results from past partitioning works

Many studies partition the evapo-transpiration fraction into basically soil evaporation and
transpiration. Only few studies take the evaporation from intercepted water into account. Here, we summarize some partitioning studies using the three different methods
presented above for comparison (see Fig. 2.1). It is seen that, in general, hydrometric and isotope-based methods give higher transpiration fraction values than the global
land-surface models. On average, the hydrometric method calculates transpiration fractions exceeding 50 %, whereas the isotope-based method produces transpiration fractions
higher than 70 %. Global land-surface models estimate the transpiration fraction to be
approximately 50 %, except for a recent study by Miralles et al. (2011) (orange bars in
Fig. 2.1). However, these studies have generally been carried out at different locations,
for different surface types, different climatic conditions, and different seasons. For global
analysis, the global modeling methods give global annually averaged results that are lower
than the contribution of the transpiration fraction derived from the isotope-based method
from Jasechko et al. (2013) (80-90 %).
The portion of transpiration varies as a function of many factors such as radiation,
air temperature, air humidity, wind, soil water content, crop characteristic, etc. For
cultivated land, the crop development stage, environment, irrigation practice, and crop
management all also strongly influence the transpiration rate. Under optimal conditions
the transpiration flux may reach more than 90 % of the evapo-transpiration, but it can
drop to values lower than soil evaporation when plants are in a dormant or under less
favorable conditions (Robertson and Gazis 2006; Cavanaugh et al. 2011).
This temporal variation has been identified in many studies (including isotope-based
partitioning studies), which show that transpiration during the growing season or summer
is a dominant water flux compared to other fluxes, in general more than 70 % of the
total evapo-transpiration (Lee et al. 2010; Wang et al. 2010, 2012a,b; Wenninger et al.
2010; Zhang et al. 2011; Sutanto et al. 2012), with some studies (Robertson and Gazis
2006; Xu et al. 2008) reporting transpiration fractions exceeding 90 % of the total evapotranspiration flux. For crops (Allen et al. 1998), the transpiration flux may be more
than 90 % of the total evapo-transpiration at full crop cover. However, during autumn
(September-November), the transpiration fraction may drop to below 30 %, the remaining
moisture flux being soil evaporation (Robertson and Gazis 2006).
A seasonal cycle of hydrological recycling rates modulated by surface evapo-transpiration
is evident over many of the mid-latitude regions (Dirmeyer and Brubaker 2007). At higher
temperatures, the fractionation processes associated with evaporation and condensation
lead to higher isotopic enrichment of precipitation during summer than winter, known as
the “temperature effect”. In Europe, for example, intensified recycling in spring/summer
with a comparably enriched isotope value, and a reduced contribution of local evapotranspiration to the atmospheric water vapor during autumn/winter is prominently visible
in the water isotopologues. In summer, a large evapo-transpiration fraction leads to a
small spatial isotope enrichment gradient from the Atlantic coast to the interior of the
continent. A steeper spatial gradient of depleted heavy isotopologue in winter appears
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Figure 2.1 Transpiration fraction from several past partitioning studies. The plot shows
maximum values of transpiration fraction from those studies. Blue is for isotope-based
methods, red is for hydrometric methods, orange is for global land-surface model results,
and black is a combination hydrometric and model result. The studies inside the green
boxes present global average values.

from a strongly reduced contribution of continental water sources (evapo-transpiration
fluxes) to the incoming water vapor masses (Rozanski et al. 1982; Hoffmann et al. 1998).
Different plant types exhibit a different transpiration fraction under similar climatic
condition. Examples have been reported in some isotope studies in the US and China. In
the US, studies by Yepez et al. (2003) and Ferretti et al. (2003) in Arizona and Colorado
show that the transpiration fractions from savanna woodland and grass are 85 % and
76-87 %, respectively, in summer. In Washington, partitioning results in early summer
from Robertson and Gazis (2006) give a transpiration fraction of 57-88 % for a steppeforest region. In China during summer, the transpiration fractions of oaks and wheat
are 96 and 80 %, respectively (Xu et al. 2008; Zhang et al. 2011). This indicates that,
during summer, different plant species may have different transpiration fractions under
the same climatic conditions. Savanna woodland has a higher transpiration fraction than
grass in the USA and an oak stand has a higher transpiration fraction than wheat in
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China. In addition, Kool et al. (2014) compile some partitioning studies and show that
the transpiration fraction of a cotton field was 70-80 % and the transpiration fractions of
corn, wheat, and soybean fields were lower, approximately 60-70 %.
Much lower transpiration fractions have been reported in Arizona, USA, with hydrometric methods. A study by Cavanaugh et al. (2011) during summer in a shrubland area
showed a transpiration fraction of 42-47 %. This is very low compared to an isotope-based
study in the same region, although different plant types are examined (85 % for savanna
woodland). However, this does not necessarily imply the hydrometric method generally
yields much lower results compared to the isotope-based method. In Europe during summer, results from an isotope-based method to partition the transpiration fraction from
grass and a hydrometric method to partition the transpiration fraction from maize are
very comparable, yielding 78 % transpiration for grass (Sutanto et al. 2012) and 77-97
% for maize (Herbst et al. 1996). Sutanto et al. (2012) also show that the evapotranspiration rates analyzed from isotope-based and hydrometric methods are similar (3.4
and 3.5 mm d−1 , respectively). In addition, Williams et al. (2004) present a comparison of isotope-based and hydrometric methods in an olive tree site. Their study shows
agreement between the two approaches for the midday period (10:30 to 12:30) though
slightly different values are found for the late-afternoon period (14:30 to 16:30), with
differences of 4 % for transpiration. In general, the difference between the isotope-based
method and the hydrometric method is small if the same plants and climatic conditions
are considered. The possible reasons why the isotope-based method slightly overestimates
the transpiration fraction due to its limitations and assumptions are discussed in Section
2.4.
For global-scale partitioning analysis, only few studies quantify the transpiration fraction from the total evapo-transpiration. The study by Jasechko et al. (2013) is the first
one that reports a global transpiration fraction based on an isotope approach. This study
concluded that the transpiration fraction is 80 to 90 %. Using another set of input data,
Coenders-Gerrits et al. (2014) estimate a transpiration fraction of 35-80 % globally using
the same method as Jasechko et al. (2013). Moreover, a recent compilation study by
Schlesinger and Jasechko (2014) results in a transpiration fraction of 61 % (± 15 %
SD). These two recent studies indicate that the estimate for the transpiration fraction
of 80-90 % is likely to be biased high. In addition, these studies may not necessarily be
representative for all continental areas since the calculation is derived from the isotopic
composition of large lake water bodies and averaged from some studies in some places
only.
Existing model and field estimates of the transpiration fraction do not support values
higher than 80 % (GSWP-2, CLM3). A relatively high transpiration fraction of 80 % is
simulated by Global Land-surface Evaporation: the Amsterdam Methodology (GLEAM;
Miralles et al. 2011); however, in general, global land-surface models produce a lower
transpiration fraction than the isotope-based method. Global averaged results may underestimate the transpiration fraction compared to field studies because they represent the
global annual average and not seasonal averages. Many isotope-based and hydrometric
studies have been carried out during spring and summer seasons, which have higher transpiration fractions compared to the autumn and winter seasons. Also, the transpiration
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fraction is not the same everywhere, as it depends on surface types and climatic conditions.
Other field measurement programs estimate the fraction of transpiration to be around 52
% globally, 65-76 % for forest, and 60 % for grasses (Choudhury and DiGirolamo 1998;
Blyth and Harding 2011).

2.4

Possible discrepancies

What can explain these systematic discrepancies between the isotope and non-isotope
methods? We have shown above that each technique has its own limitations and these
may lead to biases in the results. The main source of inaccuracy in lysimeter methods is
the edge-flow of water that can occur in the contact area between bucket and soil. This
produces a significant error in the calculation of water losses from the lysimeter. Sap flow
measurements suffer from leaking through the contact between tree and probes, probe
misalignment, geometry of stems, the spatial variation of thermal conductivity, calibration
difficulties, and the inaccuracy of the methods. According to Steppe et al. (2010), the
three sap flow methods (HPV, HFD, and TD) underestimate the actual sap flux density by
35, 46, and 60 %, respectively. Some studies (Allen et al. 2011; Burba and Anderson 2007;
Billesbach 2011; Nagler et al. 2005) review the errors in eddy covariance techniques, which
include the assumptions used in calculations, instrument problems, frequency response,
sensor time delays, noise, instrument calibration, etc. For the Bowen ratio method, a
main source of uncertainty is the limited accuracy of the instrument to detect (sometimes
very small) gradients (Todd et al. 2000; Nouri et al. 2013; Herbst et al. 1996).
For the isotope approach, the assumptions underlying the Keeling plot method used
to calculate isotopic composition of evapo-transpiration as described in Sect. 2.2.1 are
rarely met perfectly in nature. The isotopic composition of water vapor is not constant
during the period of interest, which can be caused by, for example, loss of water due to
condensation, influence of air mass advection, entrainment at the boundary layer, etc.
The isotopic composition of leaf water also changes over time: it is generally higher
during the day than during the night (Farquhar and Cernusak 2005; Yepez et al. 2005;
Lai et al. 2006). The Steady State Assumption (SSA) may produce a reasonable δL
approximation in the afternoon, when stomata are relatively open. On the other hand,
plants do not transpire under SSA conditions during the night. The SSA may lead to an
overestimation of the isotopic composition of leaf water compared to the measurements.
Moreover, SSA is not satisfied in many field conditions when canopy climatic conditions
are highly variable (Dongmann et al. 1974; Flanagan et al. 1991; Farquhar and Cernusak
2005; Yepez et al. 2005). A failure to correctly calculate the isotopic enrichment of leaf
water precisely will produce a bias in the transpiration fraction analysis. Therefore the
assumption of steady-state non-fractionating transpiration flux and a fractionation of all
remaining surface fluxes should be critically reassessed.
According to this assumption, the isotope signature of the source water will not be
altered by transpiration or by canopy and litter interception from low vegetation such as
grass. However, Gehrels et al. (1998) showed that the isotopic composition of soil water
in forested areas is heavier than in non-forested areas, where the isotope signature of
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soil water is similar to the respective precipitation. Frequency and amount of rain will
effectively modify the fractionation of interception and soil water. Over vegetated areas,
precipitation is partly intercepted by the canopy, where it is exposed to open evaporation
and accompanying fractionation. If followed by a new shower before the interception
water is evaporated entirely, the enriched interception water is washed off and may cause
an enrichment of soil water similar to a situation without the existence of a canopy
with large leaves. Also, the evaporation from intercepted water on canopy or litter,
which is not taken into account in many isotope-based studies, may overestimate the
transpiration contribution. A study by Tsiko et al. (2012) in a savanna ecosystem shows
that evaporation from intercepted water yields a 50 % interception fraction of the total
evapo-transpiration.
The difference in the effective fractionation of the water isotopologues between transpiration on the one hand and evaporation from bare soils and lakes on the other is key
for the isotope-based method to deliver quantitative constraints. Several studies (Yepez
et al. 2005; Lai et al. 2006; Lee et al. 2007b; Cuntz et al. 2007; Ogée et al. 2007) have
shown that both fluxes (from non-fractionating vegetation and fractionating soils and
open waters) show a strong seasonal and diurnal variability. For instance, in a dry season,
vegetation with deep roots has access to water from deeper soil layers or groundwater
(Moreira et al. 1997; Wang and Yakir 2000; Lee et al. 2007b). The isotopic composition
of groundwater depends on the isotopic input during the main recharge season, i.e., it is
more enriched during summer than winter. Due to the fact that groundwater recharge
is usually stronger in winter than in summer, the deep water will generally be more depleted than the upper layer/near-surface water. Thus, the assumption that is often used
in the isotope-based method, stating that deeper water reflects the isotope composition
of precipitation, is not necessarily true. In addition, near-surface water (accessible for
short-rooted plants) has often undergone isotopic enrichment by evaporation from bare
soils. Hence extensive transpiration from vegetation with deep roots will generally result
in an atmospheric water vapor signature that is more depleted of heavy isotopes than
transpiration from superficial sources (see Fig. 2.2), and may lead to an overestimation of
the transpiration fraction when this is not taken into account. In isotope-based methods,
the isotopic value of transpiration usually only uses isotopic composition of shallow soil
water as source water.
Such effects might also contribute to the spatial patterns of isotopes in atmospheric
water vapor that are becoming available via satellite-based remote sensing techniques.
Water vapor over the Amazon Basin, for example, shows less deuterium enrichment than
over tropical Africa in two independent data sets: TES (Worden et al. 2012) and SCIAMACHY (Frankenberg et al. 2009; Fig. 2.3). This evidence may relate to the contribution
of shallow and deep soil water to the transpiration flux: rain forest in the Amazon has
access to deeper groundwater reservoirs (Miguez-Macho and Fan 2012) than most vegetation types in Africa.
Another factor that may contribute to a bias in the calculation of the transpiration
fraction using the isotopic composition of open water (e.g., lakes) is the assumed similarity of the isotopic enrichment processes for soil evaporation and open water. Haverd
et al. (2011) found that, after the first phase of soil drying, the value of the isotopic
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Figure 2.2 Left panel: soil water isotope profiles and evaporating front in a lysimeter
experiment from a collection of soil samples from Sutanto et al. (2012); different colors
represent different sampling periods. Right panel: a transpiration illustration from Brooks
et al. (2010); different colors indicate different soil water isotopic values, with enriched
isotopic values close to the surface and more depleted isotopic values in the bottom layers.

enrichment of evaporated soil water rapidly reaches a steady-state value, which is approximately equal to that of the transpired water vapor. Thus the top soil layer may act
as an isotopically enriched conduct for water from deeper layers without strong overall
fractionation between the soil water and evaporated water, similar to the enrichments
in leaves during transpiration. This does not apply to the isotopic enrichment of lakes.
Partitioning of evapo-transpiration using the isotope-based method on the global scale is
highly sensitive to the input data and its isotopic composition. Coenders-Gerrits et al.
(2014) show that the transpiration fraction calculated using the same method as Jasechko
et al. (2013) reduces to 50-80 % if the input data are different, and to 35-80 % if the
isotopic composition of transpiration is different.
The discrepancies between transpiration fractions calculated from different models
can also be caused by the use of different averaging techniques. Some models include the
desert regions (e.g., Sahara and Australian deserts), whereas in other approaches, deserts
are ignored. The global transpiration fraction will be lower if the desert regions are included
in the calculation. Based on observations, Haverd et al. (2013) estimate that 50 % of the
Australian rainfall is lost as bare soil evaporation, which means that less than 50 % of the
rainfall is used for transpiration. Moreover, global land-surface-model-based estimates can
be strongly biased due to systematic errors and poor representation of relevant processes.
The representation of tiling bare ground versus vegetated fractions in models deviates
strongly from the true organization of vegetated or bare fractions of natural surfaces.
Litter or moss layers are often missing, and the coarse vertical discretization of the soil does
not allow for steep moisture gradients near the surface. The relatively low transpiration
fraction in current state-of-the-art land-surface models (Dirmeyer et al. 2006) calls for a
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Figure 2.3 Water vapor isotopic composition (δD) measured from TES (version 5, year
2006, weighted averaged from 900 to 425 hPa, left panel) and SCIAMACHY (average over
2003 to 2005, total column, right panel) satellites. Red colors indicate an enrichment in
heavy isotopes and blue and purple colors indicate a depletion in heavy isotopes.

reassessment of the skill of the underlying model parameterizations. A proper physical
interpretation of (tuned) model parameters is still a difficult task (Lawrence and Slingo
2004).

2.5

Conclusion

Different approaches exist to infer the transpiration fraction of the continental evapotranspiration flux. In general, estimates based on water isotope balance calculations tend
to allocate a fairly large contribution of transpiration to the total moisture flux (generally
exceeding 70 % of the evapo-transpiration fluxes). These results are at or above the
upper estimates of the transpiration fraction using other isotope-independent techniques
(models, in situ physical flux data). The comparability is limited due to incomplete
temporal and spatial coverage of most isotope-based analyses. However, a few studies
that compare estimates of evapo-transpiration at the same location and conditions using
the isotope-based and hydrometric methods show that the results are in good agreement.
The relatively low transpiration fraction in land-surface models shows that a reassessment
of model parameterizations must be carried out.
The lack of global evapo-transpiration partitioning estimates using the isotope-based
method and validation of global isotope-independent techniques using isotope-based results remain a challenge. Continued measurements of global isotopic composition of soil
water and water vapor around leaves are needed to put the isotope-based results into context. Isotope-enabled land-surface and global climate modeling studies such as isotopes
in the Project for Intercomparison of Land-surface Parameterization Schemes (iPILPS;
Henderson-Sellers et al. 2006) and (SWING; Noone 2007) allow for the evaluation of the
parameterization of land-surface models by comparing the computed water isotopologue
signals in the atmosphere with the available remote sensing and flux-based data sets.
A validation of modeled water isotopologue signals in the atmosphere is needed. We
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suggest that future studies should perform this evaluation in order to provide a better
understanding of the hydrological cycle in vegetated regions.
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3

Global-scale water isotopologues:
satellite and model comparison

“Satellite would be more important than sending a man into space because this satellite
will send ideas into space, and ideas last longer than men”
Newton N. Minnow
Based on: Sutanto, S. J., Hoffmann, G., Scheepmaker, R. A., Worden,
J., Houweling, S., Yoshimura, K., Aben, I., and Röckmann, T (2015),
Global-scale remote sensing of water isotopologues in the troposphere: representation of
first-order isotope effects. Atmos. Meas. Tech., 8, 999-1019, doi:10.5194/amt-8-9992015.
Abstract
Over the last decade, global-scale datasets of atmospheric water vapor isotopologues (HDO)
have become available from different remote sensing instruments. Due to the observational
geometry and the spectral ranges that are used, few satellites sample water isotopologues in the
lower troposphere, where the bulk of hydrological processes within the atmosphere take place.
Here, the study compares three satellite HDO datasets, two from the Tropospheric Emission
Spectrometer (TES retrieval version 4 and 5) and one from SCIAMACHY, with results from the
atmospheric global circulation model ECHAM4. A list of known isotope effects to qualitatively
benchmark the various observational datasets is examined. TES version 5 (TESV5 ), TES version
4 (TESV4 ), SCIAMACHY, ECHAM, and ECHAM convolved with averaging kernels of TES
version 5 (ECHAMAK5 ) successfully reproduced a number of established isotope effects such as
the latitude effect, the amount effect, and the continental effect. The improvement of TESV5
over TESV4 is confirmed by the steeper latitudinal gradient at higher latitudes in agreement
with SCIAMACHY. Also the representation of other features of the water isotopologue cycle
such as the seasonally varying signal in the tropics due to the movement of the Inter Tropical
Convergence Zone (ICTZ) is improved in TESV5 and SCIAMACHY compared to TESV4 . A
known humidity bias due to the cross correlation of H2 O and HDO measurements, which is of
particular importance for instruments with low sensitivity close to the surface, was analyzed by
applying either a humidity bias correction or a suitable a posteriori analysis. The study suggests
that the qualitative and quantitative tests carried out in this study could become benchmark
tests for evaluation of future satellite isotopologue datasets.

3.1

Introduction

Heavy isotopologues of atmospheric water (principally HDO and H2 18 O) are important
tracers that are widely used to derive information on moisture recycling (Worden et al.
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2007; Risi et al. 2013), cloud physics (Webster and Heymsfield 2003), tropospherestratosphere exchange (Kuang et al. 2003; Moyer et al. 1996; Steinwagner et al. 2010),
climate studies (Gedzelman et al. 2003; Lawrence et al. 2002), and paleoclimate (Jouzel
et al. 1997; Field 2010). Equilibrium and kinetic isotope effects in the hydrological cycle,
associated mainly with evaporation, condensation, and diffusion can be measured in the
laboratory with high precision.
Due to the potential of these measurements for evaluating hydrological cycle processes,
the GNIP network has supported the evaluation and storage of precipitation isotope measurements (Aggarwal et al. 2007). Compared to this global-scale international activity
directed at precipitation, only very few measurements were directed at measuring water
vapor, because of the logistical effort required for sampling water vapor using mechanical
cold trap devices (Ehhalt et al. 1989; Franz and Röckmann 2005). Nevertheless, the bulk
of water in the atmosphere is in the vapor phase and the liquid fraction of atmospheric
water amounts only to a very small percentage of the total water.
With the development of faster and more robust in-situ measurement methods for
water vapor isotopologues, the number of measurements has been strongly increasing
in the last years. Available techniques include Tunable Diode Laser (TDL) absorption
spectroscopy (Lee et al. 2005), in-situ Fourier Transform Infrared (FTIR; Griffith et al.
2006), cavity ringdown spectroscopy (Gupta et al. 2009) and integrated cavity output
spectroscopy (Wang et al. 2009; Sturm and Knohl 2010). These techniques are now operational at several ground sites, and have been installed on mobile platforms like balloons,
ships, and aircraft. In addition, ground-based FTIR remote sensing observations are made
within the MUltiplatform remote Sensing of Isotopologues for investigating the Cycle of
Atmospheric water/Network for the Detection of Atmospheric Composition Change (MUSICA/NDACC; Schneider et al. 2006, 2012) and Total Carbon Column Observing Network
(TCCON; Wunch et al. 2010).
In addition, global water isotopologue data have become available using remote sensing
techniques installed onboard satellite platforms: the Interferometric Monitor for Greenhouse Gases (IMG) on ADEOS (Zakharov et al. 2004; Herbin et al. 2007), the TES on
Aura (Worden et al. 2006), the Michelson Interferometer for Passive Atmospheric Sounding (MIPAS) on Envisat (Payne et al. 2007; Steinwagner et al. 2007, 2010; Lossow et al.
2011), the SCIAMACHY on Envisat (Frankenberg et al. 2009; Scheepmaker et al. 2013),
the Infrared Atmospheric Sounding Interferometer (IASI) on Metop (Lacour et al. 2012;
Schneider and Hase 2011; Wiegele et al. 2014), and the Greenhouse gases Observing
SATellite (GOSAT) launched by the Japanese Space Agency in January 2009 (Boesch
et al. 2013; Frankenberg et al. 2013). These instruments are sensitive to different parts
of the atmosphere. For example, MIPAS has significant sensitivity to the water vapor isotope distribution in the upper troposphere and stratosphere as it is a limb thermal infrared
sounder, TES is a nadir-looking thermal infrared sounder with sensitivity from 850 hPa
to 500 hPa (version 4) or from 900 to 350 hPa (version 5), while SCIAMACHY measurements are sensitive to the total atmospheric column as it is a nadir looking short-wave
infrared (SWIR) sensor.
Global-scale water isotopologue measurements also provide invaluable information to
validate isotope-enabled atmospheric general circulation models (Iso-AGCMs), such as:
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ECHAM (Hoffmann et al. 1998; Werner et al. 2011), GISS-E2 (Goddard Institute for
Space Studies; Schmidt et al. 2005), MUAGCM (Melbourne University General Circulation Model; Brown et al. 2006), IsoGSM (Isotopes-incorporated Global Spectral Model;
Yoshimura et al. 2008), and LMDZ iso-GCM (the Laboratoire de Météorologie Dynamique
atmospheric general circulation model with Zooming capability; Risi et al. 2010). These
models integrate the well-known fractionation physics in the models hydrological cycle.
The main objective of water isotope studies is to test the parameterization of the hydrological cycle in AGCMs with isotope data as an independent and sensitive tracer of the
models hydrology. Until recently, the isotopic distribution of water in most climate models
has been compared to data from the GNIP surface network (Hoffmann et al. 1998; Noone
and Simmonds 2002; Schmidt et al. 2007; Yoshimura et al. 2008).
In recent years, several studies have been carried out to investigate the use of new
datasets of water isotopes retrieved from satellite measurements. Frankenberg et al.
(2009) compared the SCIAMACHY HDO measurements with the IsoGSM model. Yoshimura
et al. (2011) extensively compared the HDO measurements from SCIAMACHY, and TES
version 4 with IsoGSM results, Werner et al. (2011) compared the ECHAM5 model with
SCIAMACHY, Risi et al. (2012a) conducted an inter-comparison study between models
and observations, both ground-based and from satellites. Recently Frankenberg et al.
(2013) compared GOSAT with LMDZ model outputs. Those studies conclude that in
general the model can reproduce the geographical variability of the mean climatological
δD very well. However, models tend to underestimate the amplitude and the gradient of
seasonal variations of δD in the mid latitudes at all atmospheric levels (Risi et al. 2012a).
When comparing satellite data with model results, the sensitivity of the satellite sensor
to the different layers of the atmosphere has to be taken into account. For example, the
TES V4 dataset is sensitive only to a limited altitude range (mid troposphere, 850-500
hPa), in order to reduce the impact of non-linearities within the retrieval process (Worden
et al. 2006). Therefore TES V4 is not sensitive to humidity and isotopologues in the lower
troposphere. A low sensitivity means that the measured signal receives a low weight in
the retrieval compared with the a priori assumed profile.
The retrieval process provides us with a quantitative measure of how much the a
priori profiles have been modified by the actual satellite observations, i.e., the averaging
kernel (AK). For a meaningful satellite-model comparison, the instrument operator, which
is composed of the retrievals AK and a priori constraint, must be applied to the model.
The principle of applying the instrument operator to the model output can be formulated
N ew
as: XGCM
=Xa +A[XGCM -Xa ], where A is the averaging kernel vector obtained from
the satellite retrieval, Xa is a priori information that is used for the satellite retrieval and
XGCM is the original model field. If the satellite retrieval represents the atmospheric
conditions perfectly (AK = 1), applying the AK has no effect on the model results. On
the other hand, if the sensitivity of the satellite retrieval is negligible, applying the AK to
the model will yield the a priori profile (as does the measurement in this case).
This chapter compares the TES V4 and V5 datasets to the ECHAM4 model output.
The TES V5 dataset has greatly improved sensitivity over the V4 dataset because of the
use of an improved retrieval approach that depends on a larger number of HDO absorption
lines, while minimizing spectral interferences from other tropospheric trace gases Several
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of the studies mentioned above were carried out using the TES V4 dataset. The transition
between use of the TES V4 and TES V5 (Worden et al. 2012) data in the scientific studies
occurred without detailed investigation of the differences and improvements between V4
and V5. Here the study presents the implications of the improved sensitivity of TES
V5 data in terms of the isotope effects. For example, we show that the TES V5 data
set is more sensitive to variations in the HDO/H2 O ratio caused by the isotope amount
effect in the tropics. In addition, how humidity biases in the models affects model/data
comparisons is investigated and methods to avoid these biases are discussed. The results
are compared with data from SCIAMACHY, which should be less affected by the humidity
bias due to its larger sensitivity near the surface.
This chapter is organized as follows. In section 3.2 we describe the application of
satellites AK to the model and bias correction. In section 3.3 we compare the remote
sensing δD datasets with the model results. In particular we discuss the consequences of
applying the AK from both TES versions to the ECHAM4 model output. Conclusions are
presented in section 3.4 and an appendix is presented in section 3.5.

3.2

Methods

All HDO data from observations and model are presented as deviation (delta deuterium,
δD) from the isotopic composition of the international standard Vienna Standard Mean
Ocean Water (VSMOW) expressed in per mil (h). Since the water vapor mixing ratio
and δD decrease with altitude, the total column value of δD is calculated as a weighted
mean:
n
X
(δDn · H2 On )

δD =

i=0
n
X

(3.1)
H2 On

i=0

Where n is the number of layers. All results are given as weighted means (δD).
3.2.1 Application of satellite AK to model results
In order to compare the model results to satellite observations, the ECHAM model output
is convolved with the instrument operator (composed of the averaging kernel and constraint vector) from the TES satellite datasets. Unlike for real atmospheric observations,
in the model the “true state” is explicitly available. By applying the AK to the model
results we mimic the way in which the satellite observes the atmosphere, to allow a meaningful comparison with the model (Rodgers 2000; Worden et al. 2004; Bowman et al.
2006).
The monthly TES data are interpolated on the horizontal grid of the model, while in
the vertical the model levels are interpolated onto the TES levels. The TES DOF and SRQ
data filtering are carried out during the interpolation of all TES data into horizontal model
grid including the AK values. This study does not sample the model outputs coincident
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with the orbital paths of the satellite since we use the monthly TES LITE dataset and
monthly model outputs. One should note that the AK convolution must account for the
cross correlations in the joint HDO/H2 O profile retrieval (Yoshimura et al. 2011; Worden
et al. 2006, 2011). The basic application of the AK to the model is presented in Eq. (3.2)
and Eq. (3.3). These equations can be re-formulated into Eq. (3.4) for the HDO/H2 O
ratio, and to Eq. (3.5) for H2 O (see also supplementary material of Risi et al. 2013).
ECHAMAK = Xa + ATES [Xm − Xa ]

ATES =

ADD ADH
AHD AHH

R
ln(ECHAMAK
) = ln(Ra )+((ADD −AHD )·ln(

(3.2)


(3.3)

qm
Rm
)+(ADD −AHD −AHH +ADH )·ln( ))
Ra
qa
(3.4)

H
H
D
ECHAMAK
= XaH + AHH (Xm
− XaH ) + AHD (Xm
− XaD )

(3.5)

D and H stand for HDO and H2 O, respectively while m and a stand for the model
field and the a priori field, respectively. R is the ratio of volume mixing ratios of HDO
and H2 O (i.e., Ra = (HDO/H2 O) of TES a priori). q is the specific humidity; ADD and
AHH are the averaging kernel sub-matrices for HDO and H2 O; AHD and ADH are the cross
correlation AK matrices between H2 O and HDO and the reverse (see also Worden et al.
2006; Yoshimura et al. 2011; Risi et al. 2013). ECHAMR
AK is the new HDO/H2 O ratio R
as a function of pressure grid for the convoluted ECHAM.
The application of the averaging kernel to the model output has two components (see
Eq. 3.4). The first depends on the difference between the a priori HDO/H2 O ratio profile
and the model HDO/H2 O ratio profile. The second depends on the difference between the
a priori humidity profile and the model humidity profile. If there is a model bias in humidity,
the difference between model humidity and a priori humidity will affect the model-data
comparison of δD. The model humidity bias commonly occurs in the upper troposphere,
also in the ECHAM model. This bias may then be propagated to the lower-tropospheric
δD through the averaging kernels (Worden et al. 2012; Risi et al. 2013). The effect of
the model humidity bias can be eliminated by assuming that the model correctly captures
the satellite a priori humidity profile (see Eq. 3.6). Based on this assumption, the second
component, which includes the humidity term in Eq. (3.4), is neglected. However, this
assumption also incurs an uncertainty related to the uncertainty in the a priori error in the
humidity, propagated through the HDO component of the averaging kernel. In general,
this error is much smaller than that due to the humidity bias and is typically less than 8
h (Risi et al. 2013).

Rm
)
(3.6)
Ra
Schneider et al. (2012) discussed the complexity of isotopologue remote sensing
datasets in detail. They introduced an a posteriori method to reduce the cross dependence
R
ln(ECHAMAKBcorr
) = ln(Ra ) + ((ADD − AHD ) · ln(
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of retrieved δD on atmospheric humidity and to assure similar AKs for humidity and δD.
The ratio of water vapor isotopologues is much smaller than the variability of humidity
and the a posteriori data treatment reduces the risk of misinterpreting the remote sensing
data (Schneider et al. 2012; Pommier et al. 2014; Wiegele et al. 2014). Similar AKs
guarantee that the retrieved isotopologue ratio and humidity are sensitive to the same
atmospheric air mass and the cross dependence of atmospheric humidity on the retrieved
δD is significantly reduced (see the appendix for details of the AK computation results).
In this chapter, we present results for both an a posteriori analysis of the TES version 5
dataset (TESV5Pos ) and the application of AK to the ECHAM model (ECHAMAK5Pos ),
following Schneider et al. (2012) and Risi et al. (2013).
00
The correction of the AK by a posteriori analysis (A ) is described as:
A00 = CA0

(3.7)

0

with C and A as follow:

C=

A0DD 0
−A0DH I



A0 = P AP −1

(3.8)
(3.9)

and P is described as:

P =

1
I
2

−I

1
I
2

I


(3.10)

Here, P is the orthogonal basis for describing the tropospheric water vapor state: the
first rows contain the {(ln(H2 O)+ln(HDO))/2}-state, and the second rows contain the
{ln(HDO)-ln(H2 O)}-state. I is the identity matrix, A is the averaging kernel, and C is
a matrix transformation for a posteriori corrected kernels. ECHAMAK5Pos is calculated
00
based on Eq. (3.2) by replacing A with A and TESV5Pos is calculated based on Eq. (20)
in Schneider et al. (2012). An example for the effect of the a posteriori correction on
humidity and δD AKs is shown in the appendix.
In the case of SCIAMACHY, full AKs are not provided and thus we cannot apply
the AK correction to the model. We therefore have to consider throughout this work
that some effects of the cross-dependency between H2 O and δD and differences in the
sensitivity for H2 O and δD might affect the interpretation of the SCIAMACHY data.
3.2.2 Bias correction
A bias of ∼5 % on average and ∼15 % maximum, evaluated from ground and aircraft
measurements, in the TES HDO vapor data has been attributed to uncertainties in the
spectroscopic line strengths (Worden et al. 2006, 2007, 2011; Herman et al. 2014). A
correction for this bias is already included in the version 5 dataset (Worden et al. 2012)
but not in version 4. The sensitivity of the measurements must be accounted for in the
application of the bias correction to the TES V4 data (Lee et al. 2011; Risi et al. 2013)
according to:
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HDO
HDO
− ADD (δbias )
= Xoriginal
Xcorrected

(3.11)

HDO
Xcorrected
is the logarithm of the volume mixing ratio of the HDO profile after bias
HDO
correction, Xoriginal is the logarithm of the original volume mixing ratio of the model or
HDO
satellite, and δbias is a column vector of the same length as Xoriginal
that contains the bias
correction values. Note, that this correction is only applied to HDO and not to H2 O. We
applied the bias corrections of 5 % to TESV4 (Worden et al. 2006; Herman et al. 2014)
and no bias correction was applied to TESV5 since it has already been corrected by 6.5
% (Worden et al. 2012). To improve the agreement amongst the dataset in the tropics,
bias corrections of 3 % and 5 h were applied to ECHAMAK4 and SCIAMACHY.

3.3

Results and discussion

3.3.1 Spatial isotope distribution
The annual mean δD isotope distributions of the different satellite and model datasets
and the a priori are shown in Figure 3.1 and 3.2. The TES and SCIAMACHY prior profiles
that are used as an initial guess for HDO and H2 O to constrain the HDO/H2 O estimation
do not show a latitudinal effect (Fig. 3.1a and b). The TES prior for HDO (HDOprior ) was
calculated based on atmospheric H2 O profiles from re-analysis data, multiplied by a single a
priori profile of the HDO/H2 O ratio, which was obtained from a run of the National Center
for Atmospheric Research (NCAR) Community Atmosphere Model (CAM), augmented
with an isotope physics approach developed by Noone and Simmonds (2002) (Worden
et al. 2006, 2012; Zhang et al. 2010a). This prior HDO profile is representative for the
tropical HDO/H2 O ratio and as a result, the TES δD prior is strongly biased high at high
latitudes. The TES prior does include an altitude effect (Fig. 3.1a), which is clearly visible
in the Himalayas, the Andes, the Rocky Mountains, and Greenland. The prior for TES
version 5 is not significantly different from version 4.
The SCIAMACHY prior shows a similar pattern as the TES prior (Fig. 3.1b) but
generally lower δD values of -140 to -160 h. It does not include a latitudinal gradient
and altitude effect. The sensitivity to the weak HDO absorber is close to unity throughout
the column (Frankenberg et al. 2009; Scheepmaker et al. 2013), so it is sensitive to nearsurface water vapor. The SCIAMACHY prior was constructed from ECMWF water vapor
profiles and a fixed prior depletion profile that decreases from -100 h at the lowest layer
to -500 h at the highest layer. This results in the prior H2 O-weighted total column δD
value of approximately -150 h.
Figures 3.1c to 3.1f and 3.2a to 3.2e present modeled and observed patterns (isoscapes)
of total column δD of atmospheric water vapor. The first order isotope feature shown in
all figures is the significant difference in δD between low, mid and high latitudes roughly
following global temperatures. The latitude effect is stronger in the observed global isotope
pattern of the TES version 5 (TESV5 ) and of the SCIAMACHY dataset than in the TES
version 4 (TESV4 ). It is also present in the modeled results of ECHAM. ECHAM results
convolved with the instrument operator of TES version 4 (ECHAMAK4 ) shows a smaller
latitude gradient than for version 5 (ECHAMAK5 ). Another feature, visible in these global
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Figure 3.1 TES prior version 4 (a), SCIAMACHY prior (b), δD product from TESV4 (c),
TESV5 (d), SCIAMACHY (e), ECHAM (f). The figures of TES prior, and TESV4 are
weighted averaged from 850 to 500 hPa, and TESV5 , and ECHAM from 900 to 425 hPa.
The results are bias corrected by 5 % and -5 h for TESV4 and SCIAMACHY, respectively.
Arrows in 3.1d point out the continental effect and ellipses in 3.1d, e, f show the region with
a strong isotope amount effect around Indonesia. All plots are annual average δD

isoscapes, is that the tropical and sub-tropical zones with enriched values are wider in the
ECHAM model results (Fig. 3.1f, 3.2a, 3.2b, 3.2c, and 3.2d) compared to the TESV5 and
SCIAMACHY satellite observations (Fig. 3.1d and 3.1e).
A strong latitude effect of the order of ∼150 h for δD between the tropics and
the cold and isotopically depleted polar regions of both hemispheres is well established
in the literature. Isoscapes based on an interpolated multi-variable regression of GNIP
precipitation data also show such strong latitudinal gradients (Bowen and Wilkinson 2002).
Also the few existing near surface vapor measurements (Uemura et al. 2008) indicate
a strong isotopic gradient between low and high latitudes. This principal geographical
pattern is better represented in TESV5 compared to TESV4 , which has a stronger influence
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from the a priori field at higher latitudes. It clearly indicates a substantial improvement
of the version 5 retrieval over version 4.
The altitude effect is apparent in all datasets. Major mountain chains such as the
Andes, Rocky Mountains or the Himalayas together with the Tibetan Plateau are easily
recognizable by lower δD values. ECHAMAK5 , however, shows unrealistically high δD
values over the Tibetan plateau (Himalayas; Fig. 3.2b). This unrealistic pattern is due
to a high bias in the model humidity profile as discussed in section 3.2 (Risi et al. 2012b,
2013) and the effect of limited vertical resolution and a priori constraints on retrieved
δD over the Himalaya region. Therefore, this problem disappears when we leave out the
humidity term in the application of the instrument operator (Eq. 3.6), and the resulting
ECHAMAK5BCorr shows a local isotope minimum over the Tibetan Plateau again (Fig.
3.2d). Thus, the humidity bias can have a large effect on the isotope results of a model
convolved with the averaging kernel of a satellite instrument.
The unrealistically high δD values over the Tibetan plateau also disappear if the a
posteriori analysis suggested by Schneider et al. (2012) and Pommier et al. (2014) (Fig.
3.2c) is performed. The a posteriori data treatment results in δD and H2 O profiles that are
sensitive to the same atmospheric airmass. The AK application to the model with applied
a posteriori analysis produces a similar result as the humidity correction (Fig. 3.2c and
3.2d). Latitudinal profiles from both ECHAMAK5Corr and ECHAMAK5Pos show very similar
δD values in the tropics and only 2-5 h differences at the higher latitudes (Fig. 3.3c).
Both correction procedures thus show that humidity biases have to be taken into account
when the satellite AKs are applied to model results, either by a humidity correction or an
a posteriori processing.
The isotopically most enriched water vapor is found over tropical South America and
tropical Africa, and is associated with the Amazon and Congo River basins. The intense
recycling and very strong evapo-transpiration over these rainforest regions, in combination
with shallow convection is responsible for this pattern (Worden et al. 2007; Yoshimura
et al. 2011). The location and extension of these isotope maxima are relatively robust
throughout all datasets. Since these large areas with δD between -110 and -100 h are not
apparent in the TES and SCIAMACHY a priori fields (Fig. 3.1a and b) but clearly appear
in the final products (Fig. 3.1c, d, and e), they are a robust result of the added information
from the satellite measurements and not an artificial product of the retrieval procedure.
This result is consistent with the previous studies from Yoshimura et al. (2011), Werner
et al. (2011), and Risi et al. (2012a), which yield δD values between -80 h and -110 h.
A study from Brown et al. (2008), however, shows that lower δD values of -150 h to
-165 h are also observed in these regions but these lower values are related to seasonal
tropical convection and the corresponding amount effect.
In the scientific literature, many examples of the continental effect are documented,
e.g., the Southwestern USA or Western/Central Europe, based on measurements in ground
waters (Rozanski 1985) and precipitation (Aggarwal et al. 2007). The continental effect
appears in all datasets with varying intensity, except for ECHAM convoluted with AK version 4. TESV4 , TESV5 , TESV5Pos , SCIAMACHY, ECHAM, ECHAMAK5 , ECHAMAK5Corr ,
and ECHAMAK5Pos results clearly show the continental effect (white arrows in Fig. 3.1d
and Fig. 3.2d).
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Figure 3.2 δD product from ECHAMAK4 (a), ECHAMAK5 (b), ECHAMAK5Pos (c),
ECHAMAK5Corr (d), and TESV5Pos plot (e). All figures are weighted averaged from 900
to 425 hPa. The ECHAMAK4 result is bias corrected by 3 %. Arrows in 3.2d point out the
continental effect and ellipses in 3.2c, d, e show the region with a strong isotope amount
effect around Indonesia. All plots are annual average δD

The Hadley-Walker Circulation defines the seasonally varying zones of strong convective activity in the tropics. Three rising branches of the meridional Walker circulation are
situated over tropical South America, tropical Africa and the Western Pacific Warm Pool
(Oort and Yienger 1996). As described above, the strong isotope enrichment over the
continental parts of the Walker circulation is due to the intense recycling of continental
water. These yearly averages are on balance weighted towards these enriching effects as
opposed to depleting effects associated with seasonal convection that are also observed by
TES (Brown et al. 2008; Samuels-Crow et al. 2014). However, over the Pacific warm pool
one recognizes a zone with slightly lower δD (ellipses in Fig. 3.1d, e, f, and Fig. 3.2c, d,
e). This area of very high Sea Surface Temperature (SST), persistent strong convection
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and rainfall and more depleted vapor extends over the Inner Tropics and is surrounded
by a zone of descending air, less rainfall (Oort and Yienger 1996; Jo et al. 2014), and
more enriched vapor. We consider this pattern as a manifestation of the isotope amount
effect since the isotopic pattern anti-correlates with regional rainfall (Brown et al. 2008;
Dansgaard 1964; Kurita et al. 2011; Lee and Fung 2007; Lee et al. 2011; Risi et al. 2008;
Worden et al. 2007). Apparently, TESV4 and ECHAMAK4 (Fig. 3.1c and Fig. 3.2a) do
not pick up this important feature of the tropical water cycle. TESV5 clearly shows the
depletion of water vapor over this region with δD value difference of ∼22 h compared
to V4.
Figure 3.3 presents a comparison of zonal mean δD values for all datasets. As discussed
above, δD decreases to -200 h in the TESV4 product at high northern latitudes, whereas
it decreases to -250 h for TESV5 , the latter in agreement with SCIAMACHY, and with
other independent observations (Uemura et al. 2008). The differences between ECHAM4
and SCIAMACHY in this study are consistent with results from Werner et al. (2011) for
ECHAM5 and SCIAMACHY. The difference between ECHAM5 and SCIAMACHY is ∼20
h in the tropics and ∼25 h at higher latitudes (60 ◦ N-S; Werner et al. 2011). Here, the
differences between ECHAM4 and SCIAMACHY amount to between 10 h to 20 h in the
tropics and at higher latitudes (60 ◦ N-S), respectively. TESV4 displays much weaker δD
gradients at mid latitudes compared to SCIAMACHY and TESV5 . As mentioned earlier,
the tropical and sub-tropical isotope maximum in the ECHAM model is significantly wider
than for SCIAMACHY and TESV5 (Fig. 3.3b). This issue is aggravated when the ECHAM
results are convolved with the TES averaging kernels. The ECHAMAK4 product shows
the smallest latitude gradient and highest δD values at high latitude of all datasets. The
small AK values of version 4 enhance the influence of the a priori field, which consequently
leads to larger δD values. This high-latitude problem has been improved in the version
5 datasets (Fig. 3.3b), but still the ECHAMAK5 , ECHAMAK5Corr , and ECHAMAK5Pos
results are significantly higher than the model state of ECHAM at northern high latitudes
(Fig. 3.3c). TESV5 and TESV5Pos are in good agreement with SCIAMACHY.
We note that the different climatological periods that are used in the comparison
between TES (2006), ECHAM4 (2001) and SCIAMACHY (2003-2005) can also contribute
to the difference between these datasets, although the general latitudinal distribution is
not expected to show strong interannual variations.
Although, there are significant discrepancies at mid and high latitudes, all data products agree fairly well in a tropical/subtropical band between 30 ◦ N and 30 ◦ S with values
around -100 h, similar to the results of Webster and Heymsfield (2003), Lawrence et al.
(2004) and Zakharov et al. (2004). It seems therefore that different remote sensing
datasets and model results (with AK applied) coincide in the tropics, which means that
the isotope measurements there can be exploited to examine smaller scale effects (see
below).
3.3.2 Seasonal isotope distribution
Above we analyzed the spatial structure of the dominant annual average isotope patterns.
In addition, both satellite data and model simulations allow to study the seasonality of
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Figure 3.3 Annual average latitude profile of δD in water vapor from TES, TESV5Pos ,
ECHAM, ECHAMAK , ECHAMAK5Corr , ECHAMAK5Pos , and SCIAMACHY. In (a) the TES
for version 4 datasets are shown and in (b and c) the TES version 5 datasets. Fig. 3.3a is
weighted averaged from 850 to 500 hPa, and Fig. 3.3b and c are weighted averaged from
900 to 425 hPa.

δD patterns and to identify the leading processes on this time scale. Zonal means of
all datasets are computed for the mean winter (DJF) and summer season (JJA) of the
respective annual time period (Fig. 3.4). TESV5 shows similar results as SCIAMACHY
during summer and winter in the northern hemisphere and both datasets show a clear and
consistent seasonal isotope difference between the two seasons in the northern hemisphere.
In the southern hemisphere, however, the difference between the two seasons is much
smaller for both datasets. In addition, in the southern hemisphere there appears to be a
significant difference between the instruments. TESV5 δD values are consistently lower
compared to SCIAMACHY (Fig. 3.4a). It is unlikely that the different simulation and
observation periods in our analysis can explain these large discrepancies.
Due to the high solar zenith angle (low sun), SCIAMACHY data are seasonally scarce at
mid and high latitudes. Therefore, there are not many measurements above 50 ◦ N or 50 ◦ S
in the respective winter season (Fig. 3.4a). Also, large parts of the oceans are not covered
due to the low albedo of the ocean and the signals from oceanic regions are primarily above
low-level clouds. For our analysis we use the same data filtering procedure of SCIAMACHY
62

Figure 3.4 Seasonal comparison of zonal means of δD from TES prior, TESV5 and
SCIAMACHY (a), from TESV5 , ECHAMAK5 , and ECHAMAK5Corr (b), from TESV5 and
TESV5Pos (c), and from ECHAMAK5Corr and ECHAMAK5Pos (d). Solid lines show NH summer profiles and dashed lines NH winter profiles. All figures are weighted averaged from
900 to 425 hPa.

data as in Frankenberg et al. (2009), which only accepts water isotopologue measurements
if the H2 O total column corresponds to at least 70 % of the ECMWF total water column.
This constraint excludes profiles with high clouds, but accepts profiles with low clouds
(up to 1 km). Thus all SCIAMACHY measurements are biased towards clear sky or low
cloud conditions. The δD seasonality of SCIAMACHY shown in Figure 3.4a (especially in
the Southern Hemisphere during the Northern Hemisphere Summer) is therefore neither
temporally nor spatially fully representative of the mean state of the atmosphere. These
issues are not applicable to TES data. However, TES measurements are also less sensitive
at higher latitudes, especially the version 4 dataset.
The wider tropical maximum of ECHAM is seen in both seasons (Fig. 3.4b and d). It
is apparent that in the summer season the ECHAMAK5 results show considerably higher
δD values than TESV5 in the northern hemisphere and vice versa for the winter season
in the southern hemisphere. This shows that the annual bias in ECHAM as discussed
above, originates to a large degree from the summer season. The mid latitude bias found
in the ECHAM model is a common bias that is present in many GCMs. In general, most
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GCMs tend to overestimate humidity in the tropics and subtropics due to inadequate
representation of cloud processes or of the large-scale circulation, or to excessive diffusion
during the transport of water vapor (Risi et al. 2012a,b). The overestimation of humidity
in the subtropics affects the enrichment of δD in the mid and high troposphere.
Whereas there are still some discrepancies between the different data products at
mid and high latitudes, isotope data within a zonal band from 30 ◦ N to 30 ◦ S are roughly
consistent, both for the annual average and the summer and winter profiles. An interesting
feature of all datasets except for TESV4 (not shown) is a seasonal seesaw behavior of the
latitudinal δD profiles in the inner tropics: in both seasons, the δD values close to the
equator are lower in the respective summer hemisphere than in the winter hemisphere.
The absolute δD variations are small and extend over different ranges in the respective
hemispheres, but the δD latitude profiles for the two seasons (solid and dashed lines of
each color) intersect very close to the equator.
This seasonal variation of δD in the tropics is a robust feature of the TES V5 dataset
and a consequence of the seasonal displacements of the ITCZ Tropical rainfall bands and
corresponding convective activity, which closely follow the maxima of insolation. The
ITCZ is displaced towards the north during northern hemisphere summer and towards the
south during southern hemisphere summer. Due to the isotope amount effect, the convectively active regions within the ITCZ to be associated with lower δD values are expected.
Therefore, areas north (south) of the equator are isotopically more (less) depleted during
NH summer, and vice versa during NH winter. The isotope amount effect therefore leads
to the seesaw behavior of the zonal δD means where the latitudinal profiles in the two
seasons have their lower values in the summer hemisphere (see the crossing lines in Fig.
3.5). This seesaw behavior has already been recognized in precipitation data (Waliser and
Gautier 1993; Wu et al. 2003; Back and Bretherton 2005).
SCIAMACHY and TESV5 , show this isotope feature with varying intensity (Fig. 3.5a).
The amount effect due to the movement of ICTZ is more pronounced in SCIAMACHY than
in TESV5 . The original ECHAM model, ECHAMAK5Corr , TESV5Pos and ECHAMAK5Pos
also show this seesaw pattern (Fig. 3.5b and c). The seesaw pattern seen in TESV5Pos
indicates that the cross dependency of H2 O on δD has no influence in this seesaw behavior.
A possible reason why SCIAMACHY shows this seesaw pattern more clearly is SCIAMACHY’s higher sensitivity at lower altitudes where many processes contributing to the
amount effect occur (such as re-evaporation of raindrops in more/less humid air, etc).
In order to investigate this further, ECHAM, TESV5 and ECHAMAK5Corr were separated
into two layers (Fig. 3.6). Figure 3.6b confirms that seesaw pattern in the TESV5 originates from the lower layer. This is qualitatively in line with the fact that SCIAMACHY is
sensitive down to the surface and the seesaw pattern nicely shows up in the SCIAMACHY
dataset. This was not necessarily expected since the seesaw phenomenon is largely produced by displacements of the ITCZ over the oceans, where the SCIAMACHY coverage is
relatively low (due to the requirement of low-level clouds) compared to the coverage over
land. In contrast, ECHAM and ECHAMAK5Corr show the seesaw pattern throughout the
entire atmospheric column, both at the lower and high layers (Fig. 3.6a and c). It seems
that the model overestimates the correlation between lower and higher layers compared to
the observations. It was speculated that GCMs in general show strong coherence between
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Figure 3.5 Latitudinal δD profiles between 30 ◦ N and 30 ◦ S in northern summer (JJA, solid
lines) and northern winter (DJF, dashed lines) of TESV5 and SCIAMACHY (a); ECHAM
and ECHAMAK5Corr (b); TESV5Pos and ECHAMAK5Pos (c). All figures are weighted averaged from 900 to 425 hPa.

processes at lower altitudes (such as Sea Surface Temperature variations) and associated
features at high altitudes (such as high convective cloud formation). In this case the
common isotope seasonality at low and high altitudes in the model might be a further
consequence of these known model problems (Risi et al. 2012a; Conroy et al. 2013).
The representation of this “fine structure” in the tropics is an important feature, which
needs further investigation in remote sensing datasets of water isotopologues. It should
be noted that the cloud height issue might contribute to or even cause the seesaw pattern
seen in the satellite datasets. Satellites in general measure above thick clouds, but can
measure through optically thin clouds (Lee et al. 2011). Thus, above convection, the
satellite data are representative for δD at higher altitudes where δD is lower.
3.3.3 Relation of water vapor and δD
Already in 1964, Dansgaard (1964) described the water isotopologues within the global
water cycle by means of a Rayleigh-type distillation model. Each condensation process
extracts a certain quantity of water from an air mass and fractionates the water isotopo65

Figure 3.6 Latitudinal profiles between 30 ◦ N and 30 ◦ S in northern summer (JJA, solid
lines) and northern winter (DJF, dashed lines) of ECHAM weighted averaged from 900 to
680 hPa and from 618 to 425 hPa (a), of TESV5 from 900 to 680 hPa and from 618 to 425
hPa (b), and of ECHAMAK5Corr from 900 to 680 hPa and from 618 to 425 hPa (c).

logues according to the respective temperature. This successive extraction of the heavier
isotopologues by distillation happens both during transport from the tropical/subtropical
source regions to higher latitudes (Yoshimura et al. 2011; Frankenberg et al. 2009) and
from lower to higher altitudes (Schneider et al. 2010; Worden et al. 2007; Brown et al.
2008). Assuming that this process is exclusively temperature dependent and controlled
by a moist adiabatic lapse rate, a qualitative explanation of the isotope temperature effect over a wide temperature range is straightforward. It is instructive to check to what
degree the atmosphere corresponds to this simple temperature dependent scheme: how
Rayleigh-like is the earth’s atmosphere?
Temperature gradients from the surface to higher altitudes and from the tropics to
mid and high latitudes dry the corresponding air masses and lead to both lower total precipitable water (TPW) and, via the Rayleigh mechanism, to more depleted isotope values.
In a pure Rayleigh distillation system, ln(HDO/H2 O) is linearly related to ln(TPW) and
the slope corresponds to the effective equilibrium fractionation, αeff -1 (Frankenberg et al.
2009; Schneider et al. 2010; Yoshimura et al. 2011). Here, αeff refers to a mean frac66

tionation over the entire distillation process with an “effective fractionation temperature”
(Frankenberg et al. 2009; Yoshimura et al. 2011).
In the following, whether the atmosphere follows such a Rayleigh distillation model
is investigated. Globally, a ln(HDO/H2 O) versus ln(TPW) plot (see Fig. 3.7a and b) is
dominated by the latitudinal gradient of both quantities (i.e., the latitude effect). Lower
ln(TPW) values and more depleted isotopic values are largely organized along a gradient
from lower to higher latitudes. At high ln(TPW) (> 3), the different datasets agree rather
well, but below 3, significant differences become apparent. Between ln(TPW) values of 2
and 3, SCIAMACHY appears to have lower ln(HDO/H2 O) values than ECHAM and TES.
Below a ln(TPW) of 2, SCIAMACHY also displays a group of very high ln(HDO/H2 O)
values, which show a larger scatter and deviate strongly from the linear correlation. The
ECHAM model shows two separated branches at the lower end of the global distillation
chain, which corresponds to air masses over Antarctica and the Arctic (Fig. 3.7b). This
feature does not present in any available observational dataset since observations in these
regions are absent.
It is evident that these structures influence the linear regression lines shown in Figure
3.7. The original ECHAM model simulates steeper overall slopes than observed by the
satellites, mainly because the model results include strongly depleted water vapor at higher
and polar latitudes, where no satellite data are available. TESV5 data result in a steeper
slope than TESV4 , which again reflects the smaller latitude gradient in TESV4 , and convolution with the version 4 AK leads to a similarly low slope for ECHAMAK4 . The slope for
the ECHAMAK5 dataset is lower than TESV5 . However, both TES products disagree with
ECHAM and SCIAMACHY for ln(TPW) lower than 2.5. The differences between datasets
for lower ln(TPW) reflect the differences discussed in section 3.3.1 for the latitudinal δD
gradients at mid and high latitudes. In the following, the study focuses on the tropical
region (high ln(TPW)) where the latitudinal profiles are in good agreement.
In the tropics, the differences between the datasets in the ln(HDO/H2 O) versus
ln(TPW) correlation plot are smaller, but the correlation between ln(TPW) and the isotopes and the respective slope of this correlation is lower as well (Fig. 3.7c and d). These
low slopes imply unrealistically high “effective” condensation temperatures for the satellite datasets (TESV5 and SCIAMACHY) and even more for the ECHAM model (up to
almost 60 ◦ C). Apparently, a description of the relatively small isotopic variance by a
simple overall distillation process is not suitable. This is likely due to the dominance of
convective activity there, which affects the isotopic composition by many large scale (e.g.,
low level humidity confluence) and sub-scale processes (e.g., entrainment/detrainment of
vapor in convective systems) that are not sufficiently described by Rayleigh fractionation.
The isotope amount effect in the tropics is another factor contributing to the relatively
flat slope because it leads to lower δ values at higher humidity (Fig. 3.7d). This feature
is more prominent in the V5 dataset and less in the V4 dataset.
Figure 3.7e and f show ln(HDO/H2 O) vs ln(TPW) from satellites and model simulations over the Sahel region (0-10 ◦ E, 15-30 ◦ N). The Sahel has been chosen because
SCIAMACHY shows the best performance here and has recorded most measurements (>
6000 measurements, see also Frankenberg et al. 2009) allowing therefore a more complete
comparison with the TES data. The slopes from all datasets in the Sahel are relatively flat
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except for SCIAMACHY. This may again be related to the diverging vertical sensitivity of
the different datasets. Based on a network of FTIR HDO/H2 O observations, Schneider
et al. (2010) conclude that ln(HDO/H2 O) versus ln(TPW) slopes are steeper in air masses
close to the surface and decrease progressively with height. In our observations, the slope
is highest for SCIAMACHY, which also has the highest sensitivity close to the surface.
The slope is high for TESV4 and higher for TESV5 , which has the lowest sensitivity in
the lower troposphere. Interestingly, the slope from SCIAMACHY (0.093) is in the range
of a typical Rayleigh distillation process slope, which is between 0.08-0.15 (+20 ∼ -20
◦
C) depending on evaporation/condensation temperatures (Majoube 1971a,b; Yoshimura
et al. 2011). The SCIAMACHY slope would correspond to an effective condensation temperature of 281.8 K. The slopes from TESV5 , ECHAM, ECHAMAK5 , and ECHAMAK5Corr ,
ECHAMAK5Pos and TESV5Pos correspond to 314.2 K, 317.7 K, 313.9 K, 322.6 K, 311.1
K and 325.1 K, respectively (Fig. 3.7f and g).
In Figures 3.7h ln(HDO/H2 O) vs ln(TPW) scatter plots over the Sahel area are shown
for all model layers from 900-425 hPa (900, 825, 749, 681, 618, 510 and 425 hPa).
Since SCIAMACHY only provides total column data, it is not included in this analysis.
All slopes from single altitude layers are steeper than the slopes from the total column
ln(HDO/H2 O) vs ln(TPW) data. The TESV5 , ECHAM, ECHAMAK5 , and ECHAMAK5Corr
slopes increase from ∼0.05 to ∼0.08, which lies in the range of typical Rayleigh distillation
slopes. The a posteriori analysis products produce similar results as the original TESV5
and ECHAMAKCorr . The outlier data point with ln(HDO/H2 O) above 0 may cause the
highest slope of ECHAMAK5 .
The low slopes of the ln(HDO/H2 O) vs ln(TPW) total column correlations imply that
the total column data is inadequate to describe the Rayleigh model from the tropics to
higher latitudes. It is suggested to use single altitude layers although in the atmosphere,
there are many factors influencing this process such as mixing of various air parcels (Gedzelman 1988; Johnson et al. 2001), evaporation of condensate water (Smith 1992; Galewsky
et al. 2007), kinetic effects (Keith 2000), or active convection (Smith et al. 2006; Moyer
et al. 1996). Worden et al. (2007) and Brown et al. (2008) studies show that the amount
effect plays an important role in the tropics. The isotopic composition of water vapor is
lower than the predicted by the Rayleigh condensation curve. Apparently these processes
have an important influence on the isotope-concentration correlation that overrules the
condensation temperature-induced correlation.
3.3.4 Weighted versus non weighted average of δD
All δD total column data in the previous chapters were computed as averages weighted
with the respective water vapor mixing ratio (see Eq. 3.1). This appears as a logical choice
since it considers the total amount of the respective isotopologues in the atmospheric
column. However, this weighted δD (δDCol ) is influenced by the vertical distribution of
H2 O and its uncertainties. Weighted this way, the δDCol value is biased to near-surface
levels where most of the total humidity is located. This means that the variability and the
respective uncertainties of low level water vapor will affect δDCol . Here we discuss briefly
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Figure 3.7 Correlation plot of ln (TPW; Total Precipitable Water derived from specific
humidity) versus model simulated and satellite retrieved ln(HDO/H2 O). (a and b) Global
correlations. (c and d) Correlations in the tropics (30 ◦ N-30 ◦ S). (e, f, g and h) Correlations
in the Sahel region. Panels a, c, and e show the version 4 TES datasets and SCIAMACHY.
Panels b, d, f, g, h show the version 5 TES datasets, both together with ECHAMAK . Panels
a, c, e are weighted averaged from 850 to 500 hPa and Panels b, d, f, g are weighted averaged
from 900 to 425 hPa. Panel h is correlation plot at each layer from 900 to 425 hPa (900,
825, 749, 681, 618, 510 and 425 hPa.
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Figure 3.8 a: Arithmetically averaged δD product from TESV5 for the vertical region
900-425 hPa; b: Annually averaged latitude distribution of the H2 O-weighted (solid lines)
and arithmetically averaged (dashed lines) δD value (900-425 hPa) from TESV5 and the
respective values for the prior (green).

the differences between H2 O-weighted values of δDCol and a simple arithmetic average
(see Figure 3.8).
As expected, the arithmetically averaged δD values (900-425 hPa) are considerably
lower than humidity weighted values (Fig. 3.8a). The difference between the two computations of δD amounts to about 60 h in the tropics (Fig. 3.8b). The latitudinal
distribution of the arithmetically averaged δD is more depleted than δDCol , since the later
is strongly determined by near surface water vapor. The δDCol of TESV5 and TES prior
values in the tropics show fluctuations, indicating the influence of H2 O variability close to
the surface. SCIAMACHY does not measure vertical profiles of δD, therefore the SCIAMACHY δD total column values shown in this paper are dominated by δD close to the
surface and may additionally be influenced by the H2 O variability in the vertical column
of water vapor.

3.4

Conclusions

Over the last years, water isotope retrievals have become available from different global
satellite instruments. Here comparisons of the HDO/H2 O data from TES version 4, TES
version 5, and SCIAMACHY with each other and with large-scale isotope patterns from
the ECHAM model were carried out. The study systematically assessed how first-order
water isotope effects (temperature-, latitude-, altitude-, continental-, and amount-effect)
are represented in the respective remote sensing datasets.
The geographical and temporal patterns in the respective water isotopologue fields
reproduced the different “classical” large-scale isotope effects to a varying degree. Our
analysis confirmed the improvement of TESV5 compared to TESV4 for the first-order global
isotope signals investigated. Similarly, when the model results are convoluted with the
AK, ECHAMAK5 outperforms ECHAMAK4 . Nevertheless, the study identified a problem
of ECHAMAK5 over the Himalayas region. The large positive isotope anomalies were
shown to be caused by a high humidity bias of the ECHAM. A humidity correction or an a
posteriori processing is necessary for model-data comparison because of cross dependence
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between H2 O and δD in the application of the AK to the model. Furthermore, ECHAM
overestimates δD values at mid latitudes compared to SCIAMACHY and TESV5 and the
tropical and sub-tropical band of high δD values is wider in the model than in the satellite
datasets. This is a common problem in many GCM models since the models tend to have
a high moist bias in the tropical and subtropical regions associated with errors in cloud
processes, large-scale circulation and diffusion during water vapor transport.
When examining the seasonally varying δD signal in the tropics associated to the
movement of the ITCZ, SCIAMACHY, TESV5 , ECHAM, and ECHAMAK5 showed the
expected seasonal covariation of the latitudinal δD minima and maxima in water vapor
with insolation and rainfall. Some of the isotopologue effects are difficult to identify
in SCIAMACHY because of its limited coverage of large parts of the respective winter
hemispheres and oceans.
This chapter also tested to what extent the atmosphere in the different datasets can
be described as a Rayleigh distillation system. The results show that the humidity-isotope
correlations based on the total column values cannot be explained with a simple Rayleigh
distillation model. For small regions, e.g., in the Sahel, the observations from TESV5
and SCIAMACHY imply a more Rayleigh type behavior than what is modeled in ECHAM.
However, none of the effective condensation temperatures deduced from the observed
slopes reflect pure Rayleigh condensation temperatures. This comes not as a surprise
since many processes influence this condensation process, such as mixing of the air parcel,
evaporation of condensate water, kinetic effects, and active convection, which are not
controlled by a single effective condensation temperature. However, when the vertical
profiles of humidity and δD plot is made, the correlation slopes from all data are close to
Rayleigh condensation slopes.
As the vertical resolution of the present satellite remote sensing products is very limited, it is not possible investigate the differences between the vertical and the horizontal
dimension in more detail yet. To study this further, remote sensing data of the water
isotopologues are needed that faithfully resolve single atmospheric levels. This should
also help to reduce the influence of H2 O distribution in the computation of total column
values (humidity bias). For model and satellite comparison, however, we can use total
column of δD as long as both the model and satellite are equally treated and the adequate
averaging kernels is applied to the model.
One central application of existing and future water isotopologue datasets will be the
evaluation of global observations and models. It is suggested to use the qualitative and
quantitative tests carried out in this study as a benchmark for the different data products
and to evaluate their strengths and weaknesses.

3.5

Appendix

In this appendix, the TES averaging kernels over Tenerife before applying the a posteriori
00
correction (A) and after applying the a posteriori correction (A ) are presented. The
vertical sensitivity of the satellite is higher for water vapor compared to HDO. This is seen
from the higher averaging kernel values of AHH than ADD . The a posteriori analysis aims
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Figure 3.9 Averaging kernels in the {ln(H2 O), ln(HDO)}-basis for ADD , ADH , AHD and
AHH , and in the {(ln(H2 O)+ln(H2 O))/2, ln(HDO)-ln(H2 O)}-proxy state after a posteriori
00
00
00
00
correction (ADD , ADH , AHD , AHH ).

for the best possible degree of consistency between H2 O and δD profiles. The vertical
resolution and sensitivity of the humidity (HHO) product need to be adapted to the
vertical resolution and sensitivity of the isotopologue ratio product. After this a posteriori
correction the retrieved humidity and isotopologue ratio represent the same atmospheric
00
00
air mass (ADD ≈ AHH , Fig. 3.9).
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4

The correlation of drought to
ENSO and water isotopologues
“When the well’s dry, we know the worth of water”
Benjamin Franklin

Based on: Sutanto, S. J., Adidarma, W., Hoffmann, G., and Röckmann,
T (2013), Correlation of drought related to ENSO and water isotopes in Indonesia. conference proceeding, 4th International Seminar of HATHI, 6-8 September 2013, Yogyakarta,
Indonesia.
Abstract
ENSO affects mainly the hydrological cycle and produces in particular droughts during El Niño
and floods during La Niña in Indonesia. In order to have a better understanding on drought
and its link with ENSO and water isotopologues, the ECHAM model has been used to simulate
drought conditions by computing two drought indices, SPI and SPEI. These drought indices are
commonly used in the empirical studies and have been successfully applied in Indonesia. The correlation of drought and water isotopologue during ENSO events shows that the ECHAM model
is capable to simulate the ENSO associated droughts realistically. The SPI index reproduces
the extreme droughts in Indonesia such as in 1994, where there were 19,817 ha paddy fields
damaged. On the other hand, SPEI only shows severe drought due to low evapo-transpiration.
The correlation of drought indices and water isotope is remarkably good (R = -0.926), whereas,
the correlation of drought indices and Niño-3 is weak (R = -0.436). This indicates that δD is
a good climatic indicator for drought and flooding events and it outperforms the Niño-3 index.
In addition, the correlation of Niño-3 index and δv shows a strong correlation over Indonesia,
pointing to the isotope amount effect as a dominant factor for the regional isotope signature.

4.1

Introduction

In Indonesia, prolonged dry and wet periods are mainly connected to ENSO (El NiñoSouthern Oscillation) variability. Therefore, it is believed that extreme drought and flooding events occurred in Indonesia are caused by the higher ENSO variability. ENSO is a
quasi climate oscillation between two states, La Niña and El Niño. El Niño and La Niña
events are associated with anomalously warm and cold sea surface water temperatures
(SST) for long periods in the tropical eastern Pacific Ocean (the coast of Peru), respectively. The Southern Oscillation refers to major changes in surface pressure gradients
over the entire Pacific, which results during an El Niño (La Niña) event in anomalously
high (low) surface pressures in the tropical western Pacific and over Indonesia. Because
of its large associated SST patterns, and numerous associated teleconnection patterns
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affecting temperature, precipitation and circulation anomalies, ENSO is considered as the
dominating source of inter-annual variability.
Different methods and climatological indices have been developed to measure the
strength of drought, such as Palmer Drought Severity Index (PDSI; Palmer 1965; Alley
1984), a modification of PDSI called Self-Calibrating Palmer Drought Severity Index (SCPDSI; Wells et al. 2004), Standardized Precipitation Index (SPI; McKee et al. 1993),
and Standardized Precipitation Evaporation Index (SPEI; Vicente-Serrano et al. 2009).
These methods, especially PDSI, are robust and have been widely used in many countries
as national drought indicators. In this study, the magnitudes of droughts in Indonesia
were calculated using SPI and SPEI indices and compared with in-situ observations. In
this chapter, the results from both indices will be compared with the simulated isotopic
composition of precipitation and atmospheric water vapor isotopologue.
The modeling was carried out using the ECHAM model (Hoffmann et al. 1998), a
general circulation model equipped with an isotope module allowing the computation of
all related fractionation processes between the different water isotopologues in function
of the simulated climate. Some other studies analyzed the correlation of ENSO and
water isotopes using GCMs (Vuille and Werner 2005; Tindall et al. 2009). However, no
study using GCM correlates the strength of drought with ENSO, the isotopic composition
of water vapor, and the isotopic composition of precipitation. Thus, this study has an
objective to study the correlation of droughts and ENSO, and their consequences for the
water isotopologue signature in the region of Indonesia.

4.2

Methods

To describe drought severity in the region of Indonesia, two well-established indices, SPI
and SPEI, are used. The ECHAM model simulates the monthly precipitation and temperature data used in the analysis. Validation of the model performance to realistically
reproduce ENSO related drought events in Indonesia are carried out using the same indices computed with in-situ meteorological data from Empang (1967-2006) and Gunung
Mas (1978-2012) stations. The averaged indices from both stations are then compared
with the model result of the two grid points including the corresponding climatological
stations. In addition, documentary of evidence on the area of paddy fields affected by
droughts is collected to confirm the drought occurrences. Exceeded probability analysis
for drought and flooding events is performed using the Gumbel distribution.
The isotopic composition of water vapor (δDv ) is computed by the ECHAM model.
Correlation analyses of model results and observations are performed between the drought
indices and the Niño-3 index, the drought indices and the isotopic composition of water
vapor, and between the Niño-3 index and the isotopic composition of water vapor.
4.2.1 The Niño-3 index
The Niño-3 index is an average of the sea surface temperatures (SST) in the region of
150 ◦ W to 90 ◦ W (longitude) and 5 ◦ N to 5 ◦ S (latitude; see Fig. 4.1). When the index is
positive (red), water is warmer than normal and when the index is negative (blue), water
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Figure 4.1 The Niño-3 index from January 1950 to December 2012 obtained from National
Aeronautics and Space Administration (NASA).

is cooler than normal. El Niño occurs when the water is much warmer than normal for a
sustained period of time and vice versa for La Niña. Strong El Niño events occurred in
years 1972, 1982 and 1997.
4.2.2 The SPI drought index
The SPI drought index was developed by McKee et al. (1993) based on standardized
precipitation data. Unlike PDSI, SPI was designed to quantify a precipitation deficit
at different time scales. The advantages of SPI index are simple, spatially consistent
(invariant) in its interpretation, does not need a fixed time scale, and only precipitation
data is required (McKee et al. 1993; Vicente-Serrano et al. 2009). However, the SPI
method does not include evapo-transpiration and therefore does not reach to temperature
changes.
SPI calculation requires minimum 30 years of precipitation data record (McKee et al.
1993; Bordi et al. 2001; Wu et al. 2005), though a study from Guttman (1994) concludes
that 40-60 years of precipitation data are needed in order to get an accurate and stable
result. In the calculation of SPI, an essential step is a determination of a probability density
function (PDF) using two-parameter gamma distribution. The gamma probability density
function for a given frequency distribution of precipitation is fitted as (for precipitation
more than 0):
g(x) =

1
β α Γ(α)

xα−1 e−x/β

(4.1)
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where x is the precipitation amount, α is a shape parameter, β is a scale parameter,
and Γ(α) is the gamma function.
!
r
4A
1
1+ 1+
(4.2)
α=
4A
3
x
(4.3)
α
P
ln(x)
(4.4)
A = ln(x) −
n
n is number of precipitation events, and x is mean precipitation over the time scale
of interest. The estimated parameters are used for calculating the cumulative probability
distribution for a specific precipitation event observed in a defined time scale (e.g., months,
Eq. 4.5).
Z x
Z x
1
xα−1 e−x/β
(4.5)
G(x) =
g(x)dx = α
β
Γ(α)
0
0
β=

The gamma function cannot be defined when there is no precipitation (x = 0). In
reality, however, there are few times when there is no precipitation occurrence in a week
or even in a month during dry season. The cumulative distribution needs to be modified
to include these events:
H(x) = q + (1 − q)G(x)

(4.6)

where q is the probability of having no precipitation event on a specific time scale.
Finally, the SPI index is calculated from the cumulative probability distribution H(x),
transformed into standardized normal distribution Z.


c0 + c1 t + c2 t2
Z = SP I = − t −
(4.7)
1 + d1 t + d2 t2 + d3 t3


c0 + c1 t + c2 t2
Z = SP I = + t −
(4.8)
1 + d1 t + d2 t2 + d3 t3
and
s
ln

t=
s
t=



ln



1
(H(x))2



1
(1 − H(x))2

(4.9)

(4.10)

Eq. (4.7) and Eq. (4.9) are used for 0 < H(x) < 0.5 and Eq. (4.8) and Eq. (4.10)
are used for 0.5 < H(x) < 1. c0 = 2.515517, c1 = 0.802853, c2 = 0.010328, d1 =
1.432788, d2 = 0.189269, and d3 = 0.001308.
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Table 4.1

Classification of drought based on SPI and SPEI indices.

Index

Classification

Probability

>2
1.5 to 1.99
1 to 1.49
0 to 0.99
0 to -0.99
-1 to -1.49
-1.5 to -1.99
-2 <

extremely wet
very wet
moderate wet
mildly wet
mild drought
moderate drought
severe drought
extreme drought

2.3
4.4
9.2
34.1
34.1
9.2
4.4
2.3

4.2.3 The SPEI drought index
The SPEI method is originally based on the SPI procedure using monthly precipitation
and temperature data and it uses a simple procedure to estimate evapo-transpiration
using the Thornthwaite method (Thornthwaite 1948). Regarding to the choice of evapotranspiration method, Sheffield et al. (2012) demonstrated that replacing the Thornthwaite method with the Penman-Monteith method leads to remarkably different results, in
particular concerning the relation between global warming for the last 40 years. In this
study, we use the Thornwaite method due to climatological data scarcity for PenmanMonteith analysis. A typical drought classification scheme based on the SPI and SPEI
indices is presented in Table 4.1. The SPEI computation also requires a long-term monthly
precipitation record with a measurement record of minimum 30 years.
In SPEI, the monthly difference between the precipitation (P ) and evapo-transpiration
(P ET ) for the month i is calculated as:
Di = Pi − P ETi

(4.11)

L-moment ratio diagrams are used to calculate the time distribution difference, allowing
a comparison of the empirical frequency distribution of D computed at different time
scales (Hosking 1990). In Indonesia, the L-moment ratio is generally following the GEV
(Generalized Extreme Value) distribution. For another location, the L-moment ratios (L
skewness, τ3 and L kurtosis, τ4 ) can be used to determine the fitted distribution.
λ4
λ3
, τ4 =
(4.12)
λ2
λ2
where λ2 , λ3 , and λ4 are the L-moments of the D series, obtained from probabilityweighted moments (PWMs, w symbol) using the formulas:
τ3 =

λ1 = w0

(4.13)

λ2 = w0 − 2w1

(4.14)

λ3 = w0 − 6w1 + 6w2

(4.15)
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λ4 = w0 − 12w1 + 30w2 − 20w3

(4.16)

The PWMs of order s are calculated as
n
1 X
ws =
(1 − Fi )s Di
N i=1

(4.17)

where Fi is a frequency estimator developed by Hosking (1990):
i − 0.35
(4.18)
N
where i is the observation range in increasing order and N is the number of observation
points.
A three-parameter log-logistic distribution for standardizing the D series to calculate
the SPEI values has been chosen following Vicente-Serrano et al. (2009). Using this
distribution, the probability density function is expressed as:

β−1 "

β #−2
x−y
β x−y
1+
(4.19)
f (x) =
α
α
α
Fi =

where α, β, and γ are the scale, shape and origin parameters, respectively for D values
in the range (γ < D < ∞). In SPEI, these parameters can be obtained following the
L-moment procedure:
2w1 − w0
6w1 − w0 − 6w2

β=

(w0 − 2w1 )β
 

1
1
Γ 1+ β Γ 1− β
 


1+1
1−1
γ = w0 − αΓ
Γ
β
β
α=



(4.20)
(4.21)

(4.22)

where Γ(β) is the gamma function of β.
According to the log-logistic distribution, the probability distribution function of the
D series is given by
"
β #−1

α
(4.23)
F (x) = 1 +
x−y
Finally, SPEI values are calculated using the standardized values of F (x), following
the classical approximation of Abramowitz and Stegun (1965):
SP EI = W −
with,
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c0 + c1 W + c2 W 2
1 + d1 W + d2 W 2 + d3 W 3

(4.24)

Figure 4.2 Drought indices analysis from observation and ECHAM.

W =

p
−2ln(P ) f orP ≤ 0.5

(4.25)

P is the probability of exceeding a determined D value, P = 1 − F (x). Equation 4.25
is valid for P ≤ 0.5, and for P > 0.5, P is replaced by 1 − P and the sign of resultant
SPEI is reversed. The constants are c0 = 2.515517, c1 = 0.802853, c2 = 0.010328, d1 =
1.432788, d2 = 0.189269, and d3 = 0.001308. Detailed information on the SPEI method
can be found in Vicente-Serrano et al. (2009) and Sutanto and Adidarma (2015).

4.3

Results and discussion

4.3.1 Drought analysis
The SPI and SPEI drought indices over Indonesia are calculated using the model results
and in-situ observations for validation (Fig. 4.2). The simulation period covers from 1978
to 2001 in order to have the same period between ECHAM and the observations. There
is no observation data before 1978. SPEI analysis from observations is not conducted due
to the lack of continuous temperature data.
The drought analysis from the GCM agrees well with the one from observations, although the model slightly overestimates the observations in one year (e.g., year 2000),
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Figure 4.3 SPI-6, SPEI-6 and the Niño-3 index plot (left), and a correlation of annual
average Niño-3 Index and the annual drought indices from observations and ECHAM (right).

and underestimates in another year (e.g., 1980). However, overall, the ECHAM model can
reproduce drought signatures (frequency, severity, etc) from the observations. The results
from SPI and SPEI analysis in Indonesia region are similar. This is due to the small temperature variability in Indonesia that is used for computing the additional evapo-transpiration
in SPEI. The SPEI index, therefore, produces quite a different result compared to the SPI
index if there is an extreme temperature deviation. For example, the cold temperature in
year 1994 lowers the SPEI value relative to SPI.
4.3.2 Correlation between drought and ENSO
Figure 4.3 left shows the occurrences of dry and wet conditions during El Niño and La Niña
with respect to the Niño-3 index. For this plot, SPI-6 and SPEI-6 are calculated to match
the drought results with the duration of ENSO events from the point of increase to the
peak (± 6 months). Overall, the drought indices are anti correlated to the Niño-3 index
showing that a positive Niño-3 index is associated to drought conditions, and it appears
as a negative value in the drought indices. This anti correlation is more visible during
strong ENSO events such as the 1982-1983 and 1997-1998 El Niños. Both well-known
El Niño years produced droughts with exceeding probability of more than 10 % based on
the Gumbel distribution. However, for the year of 1988 during La Niña, both the model
and observations show a negative signal, indicating a drought condition.
To check the consistency of drought related to ENSO, data from a number of paddy
field areas affected by droughts was collected from 1989 to 2001 in Central Java. There
is no data in 1988, thus we cannot validate the drought in this year. Based on the data,
the highest number of paddy fields affected by droughts occurred in 1991 and 1994, with
affected areas of 18,928 ha and 19,817 ha, respectively (Adidarma et al. 2006). The
Niño-3 index during the extreme droughts in these years only shows an index value of
± 1, while the SPEI values show severe droughts for both years. Surprisingly, the SPI
value in the year 1994 shows an extreme drought with an index value of more than 2, in
good agreement with the fact that the largest area of paddy field affected by drought was
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occurred in 1994. A large precipitation deficit triggers low SPI value, since the SPI index
is calculated based on precipitation data. In contrast, SPEI index indicates severe drought
because the evapo-transpiration flux was also low (low temperature) in 1994. The severe
drought in year 1994 calculated using SPEI and the extreme drought calculated using SPI
from the ECHAM model outputs have been confirmed by the drought analysis from the
observations (Adidarma et al. 2006). Recently, Sutanto and Adidarma (2015) show that
the extreme drought occurred in 1994 has a SPEI value lower than -2.
For a better overview of the relationship between droughts and ENSO, the drought
indices are plotted against the Niño-3 index (Fig. 4.3 right). The results show that the
observation has a higher correlation coefficient (R = 0.436) than ECHAM (R = 0.386 and
0.371 for SPI and SPEI, respectively). Generally, there is no strong correlation between
the strength of ENSO and the droughts denoted by the drought indices in Indonesia. The
El Niño and La Niña events are not always followed by drought or flooding events in
Indonesia, respectively.
4.3.3 Correlation between drought and water isotopologue
The correlation between SPI and the Niño-3 index with δDv , in relation with the isotope
amount effect and ENSO events, is presented in Figure 4.4. A strong anti-correlation
between δDv and SPI due to the isotope amount effect is visible in the annual data (R
= -0.926). The anti correlation signal between SPI and δDv is caused by the significant
isotope amount effect, since in convective events the precipitation amount is inversely
related to the isotopic composition of the rain water (Dansgaard 1964). The lower SPI
values (dry) and the enriched δDv values are dominated by El Niño events, and it is
conversely for La Niña.
The correlation between the Niño-3 index and δDv becomes slightly weakened (R =
0.738) compared to the correlation between SPI and δDv . In addition, there is a positive
correlation between Niño-3 and δDv since positive values of Niño-3 mean drought or dry
conditions. The weakened correlation of Niño-3 and δDv might be caused by the time
lag of dry/wet condition. One should note that the Niño-3 index is calculated based on
the temperature anomaly in the Central-East Pacific Ocean, whereas the location of the
study is over Indonesia region (West Pacific). In addition, Indonesia is located between
two different climatic conditions, Indian Ocean and Pacific Ocean.
4.3.4 Correlation between ENSO with drought and δD
The correlations between ENSO denoted by the Niño-3 index with SPI and δDv from
ECHAM are presented (Fig. 4.5). The simulation of Niño-3 and δDv results in an ENSO
pattern, with a strong correlation in the region of Indonesia on one hand, and a strong
anti correlation in the Eastern-Central Pacific Ocean on the other hand, as a result of the
isotope amount effect (Fig. 4.5 left). It is vice versa for the correlation of Niño-3 and SPI
(Fig. 4.5. right). During high ENSO, the Indonesia region is dry and the Pacific Ocean is
wet. As a consequence, the δDv values in Indonesia are enriched due to the dry conditions
and the δDv values in the Pacific Ocean are depleted due to the wet conditions.
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Figure 4.4 The correlation between SPI-1 and δDv (left), and the correlation between the
Niño-3 index and δDv (right) in Indonesia (averaged grids from 5 ◦ N to 10 ◦ S, 100 ◦ E to
135 ◦ E).

Figure 4.5 A correlation of the Niño-3 index and δDv (left) and the Niño-3 index and SPI
(right) from ECHAM at 1000 hPa nudged 1971-2001. A student’s t-test statistical analysis
is applied with significance level of 10 %. The correlation is multiplied by 100.

4.4

Conclusions

The results of the droughts analysis using the ECHAM model are realistic. The SPI
drought index can be used as a good agricultural drought indicator in Indonesia since
the dominant factor for drought in Indonesia is precipitation. The highest number of
paddy field affected by drought in the year 1994 confirms the severe drought incident
calculated using SPI, with the probability of occurrences higher than 10 %. There is no
strong correlation between the strength of ENSO, denoted by the Niño-3 index, and the
droughts, denoted by drought indices in Indonesia.
Stable water isotopologue, on the other hand, is a good climatic indicator for drought
and flooding events compared to the Niño-3 index. The correlation between SPI and water
isotopologue is remarkably good (R = -0.926), and the correlation between the Niño-3
index and water isotopologue is quite good (R = 0.738). Global correlation between SPI
drought index and δDv shows that there is a strong anti correlation in Indonesia and a
correlation in the eastern Pacific Ocean. In contrast, the correlation between the Niño-3
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Index and δDv shows an opposite result, which is in agreement with the anti-correlation
of ENSO and drought indices. The anti correlation of drought indices and δDv points to
the isotope amount effect as a dominant factor for the regional isotope signature not only
on a seasonal but also on an inter-annual scale.
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5

Atmospheric processes during
ENSO events

“El Niño is a good example to illustrate that there is indeed predictability in the midst of
chaos”
J. Shukla
Based on: Sutanto, S. J., Hoffmann, G., Worden, J., Scheepmaker,
R. A., Aben, I., and Röckmann, T, Atmospheric processes governing the changes
in water isotopologues during ENSO events from model and satellite. submitted to J.
Geophys. Res., 2015 (under review).
Abstract
ENSO has profound effects on the global water cycle, which can be examined at the process
level by investigating the associated water isotopologues. Many isotope-based studies are aimed
at understanding ENSO variability in the tropics, however focusing principally on near-surface
processes and isotopologue signals. The goal of the present study is to investigate the atmospheric processes governing the changes in the isotopic composition of water vapor both near
the surface and at mid troposphere in the Pacific region during ENSO events, using a combination of remote sensing data and model simulations. For the lower atmosphere (e.g., 1000
hPa), the study shows that rainout processes, less rain re-evaporation of falling droplets, and
increase of convective updrafts and diffusive exchange within the convective systems, contribute
to “the isotope amount effect” and isotopically deplete the water vapor during wet conditions,
in agreement with previous studies. However, the result finds that the ENSO associated isotopic signal in the mid troposphere (e.g., 500 hPa) diverges from the near-surface response.
Analysis suggests that transport of enriched water vapor from lower atmospheric layers through
convective updrafts controls the enrichment of mid tropospheric water vapor over the Pacific
Ocean. In the observations, a strong positive correlation between the increase of convective
precipitation and the isotopic composition of water vapor clearly points to such a mechanism
(R of 0.7-0.8 in the Central Pacific and 0.5-0.6 in the West Pacific). Model results confirm
this mechanisms though producing slightly lower correlation values, with R values of 0.6 in the
Central Pacific and 0.5 in the West Pacific. However, the distinction between convective and
stratiform precipitation remains a result of model dependent parameterization. This study suggests that two issues should be investigated in more detail in further studies: (1) the equilibrium
and dis-equilibrium between rain droplets and surrounding vapor for convective and stratiform
precipitation and (2) different convection schemes in the different isotopic GCMs, describing the
triggering of convection and uplift of lower layer air to higher layers. Ideally such a comparison
of different isotopic GCMs can provide an interesting benchmark test for the performance of the
different convection schemes during ENSO, and to disentangle the importance of the different
processes contributing to the amount effect.
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5.1

Introduction

ENSO is globally the largest source of inter-annual climate variability. It is a quasiperiodic climate oscillation between two states of the tropical Pacific characterized as La
Niña (cold phase) and El Niño (warm phase). ENSO triggers a number of atmospheric
tele-connection patterns (Gershunov and Barnett 1998; Power et al. 1999; Trenberth and
Caron 2000), which have a major impact on associated precipitation patterns. In general,
El Niño is associated with dryer than normal conditions over many tropical continental
areas such as the Brazilian Nordeste or Indonesia and wetter than normal condition in the
northern extra tropics and over the Central Pacific. La Niña conditions are in particular
marked by stronger than normal rainfall over the area of the West Pacific warm pool. The
interactions between sea surface temperatures, evaporation and wind anomalies, changes
in humidity gradients and convective activity contribute to the complexity of the system
(Latif et al. 1998; Trenberth et al. 1998).
In many studies, water isotope signals have been used to better understand the relation between ENSO and rainfall anomalies, since various fractionation processes such
as condensation and evaporation leave a characteristic imprint on the isotopic composition of rainwater and the corresponding water vapor (Ichiyanagi and Yamanaka 2005;
Vuille and Werner 2005; Moerman et al. 2013). Condensation and evaporation lead to
an isotopic enrichment of the liquid (solid) phase relative to the vapor phase. Thus,
the isotopic composition of both water vapor and precipitation gives valuable information
on the condensation history of a water vapor mass in the atmosphere. This provides us
with useful information to disentangle the individual processes controlling the regional and
global water cycle (Lee et al. 2012).
Most water isotopologue studies in the tropics, analyzing seasonal or spatial water
isotopologue signals, demonstrate a negative correlation between the δ value of precipitation and local rainfall, which is called the amount effect (Dansgaard 1964). The uses
of this modern analogue is to reconstruct local and regional rainfall in the past on times
scales from decades to thousands of years based on water isotopologue records, preserved
in different geological archives such as ice core, tree ring cellulose or calcium carbonate of
speleothems (Becker et al. 1991; Jouzel et al. 1997; Vimeux et al. 2005; Jo et al. 2014;
Lee et al. 2012). Recently, some studies have been carried out to understand in more
detail the individual processes contributing to the amount effect. Most of these studies
either use Atmospheric Global Circulation Models (AGCMs) equipped with water isotope
modules and only few studies use water isotopologue signals from satellite records to
analyze atmospheric processes affecting the isotope amount effect (Worden et al. 2007;
Brown et al. 2008; Risi et al. 2010; Moore et al. 2014) or in a combination with more
classical records measuring the water isotopologues in the meteoric water (for example
the global network of isotopes in precipitation GNIP; Conroy et al. 2013; Moerman et al.
2013; Lekshmy et al. 2014). In the tropics, such studies principally focused on the analysis
of the various monsoon systems or short-term variability as the Madden-Julian Oscillation
(MJO; Hoffmann and Heimann 1997; Vuille and Werner 2005; Landais et al. 2010; Risi
et al. 2010; Kurita et al. 2011; Lee et al. 2012).
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This study is the first study, which scrutinizes the ENSO variability at lower and middle
troposphere using water isotopologues measurement from satellites. Here, two different
satellite data sets, the TES and the SCIAMACHY, and data of isotopes in precipitation
from the GNIP, the International Atomic Energy Agency (IAEA) are used, and these
observations are compared with simulations of the ECHAM4 AGCM fitted with a water
isotope module. The study concentrates on the core region of ENSO variability, the
tropical Pacific, analyzing changes of the isotopic composition of water vapor at lower
and middle troposphere and relate these changes to atmospheric ENSO dynamics and
cloud physics. Chapter 5.2 describes the general overview on the data and precipitation
data used in the study. Chapter 5.3 compares the strength of ENSO with the water
isotopologue signals and reports a characteristic near surface contrast between the West
and Central Pacific and an inverse pattern at higher altitudes. Summary and discussion
on the possible mechanisms leading to this pattern are presented in detail in chapter 5.4.
Chapter 5.5 concludes all the findings and shares some perspectives for further study.

5.2

Data and instruments

5.2.1 General overview on the data
The atmospheric data sets used here stem from two satellite based remote sensing systems,
TES (Worden et al. 2006, 2012) and SCIAMACHY (Frankenberg et al. 2009; Scheepmaker
et al. 2013). They provide us with both atmospheric water vapor mixing ratios and the
corresponding Deuterium content (i.e., the δD value). The δD values in precipitation are
taken from the IAEA/GNIP global network, which has sampled rainwater and measured
its isotopic composition on a monthly basis for more that 50 years (Aggarwal et al. 2007;
Rozanski et al. 1993; Schotterer et al. 1996). Furthermore, two different precipitation data
sets, the ERA-interim re-analysis from the European Center for Medium-Range Weather
Forecasts (ECMWF; Betts and Jakob 2002; Bechtold et al. 2004; Dee et al. 2011) and the
satellite product Tropical Rainfall Measuring Mission (TRMM; Schumacher and Houze JR
2003; Schumacher et al. 2004; Huffman et al. 2007) are used. The former is a blended
product of observations assimilated into model simulations to obtain a physically consistent data set. These observations are compared with simulations of the ECHAM global
circulation model. In order to mimic as closely as possible the climatological situation
(Niño/Niña, Arctic Oscillation, etc.) and typical associated weather patterns the model
was nudged with the observed wind fields. See chapter 1.5 for detailed information about
the satellites and model data. In this study, we use the model outputs without applying collocation and convolution methods with the TES data sets. We also note that
the different climatological periods are used in the analyses, e.g., we use TES data from
2004-2011, SCIAMACHY data from 2003-2007, and ECHAM data from 1971 to 2001.
5.2.2 Precipitation data
Two independent data sets of precipitation, The ERA-interim reanalysis data of the
ECMWF and the TRMM radar data set, are used. The ERA-interim reanalysis model
is designed to assimilate a huge amount of observational data (nearly 107 data per day
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both from surface observations and satellite measurements; Dee et al. 2011) into the
atmospheric model. Nevertheless, rainfall in the tropics is a known weakness of all reanalysis products (Uppala et al. 2005; Dee et al. 2011) because of the difficulties in the
assimilation of humidity information and poor representation of the global transport of
moisture in the atmosphere.
The TRMM satellite operates at an altitude of 350 km with a swath width of 215
km and a horizontal footprint of 4.3 km at nadir-viewing mode. The orbital domain
of the TRMM satellite extends from 35 ◦ N to 35 ◦ S. The TRMM precipitation radar
operates in the Ku band (2.17 cm wavelength) with a sensitivity of 17 dBZ, corresponding
to a precipitation rate of approximately 0.4 mm h−1 and vertical resolution of 250 m
(Schumacher and Houze JR 2003; Schumacher et al. 2004). The precipitation radar
also classifies the precipitation into convective and stratiform precipitation elements in
the TRMM product. Detailed information about the TRMM satellite can be found in
Kummerow et al. (1998). Convective precipitation data from both ERA-interim and
TRMM in the years 2004-2011 are used in our study in order to compare it with TES
measurements.
The isotopic composition of precipitation is obtained from IAEA. IAEA, in cooperation
with the World Meteorological Organization (WMO), has run the Global Network of
Isotopes in Precipitation (GNIP) since 1961. Monthly precipitation samples have been
collected from over hundreds meteorological stations in more than 125 countries for δD
and δ 18 O analysis (selected stations also sample for Tritium). For this study, we selected
the stations in the Central Pacific and West Pacific, which at least have one complete year
of isotope observation during an ENSO event. Those stations are Canton Island, Manila,
Diliman Quezon, Bonga, and Inang Maharang.

5.3

Results

5.3.1 Correlation of the Niño-3 index with global δDV
In a first step, whether the ECHAM model shows a realistic response of its global water
cycle to ENSO variability is tested. The pointwise correlation between ENSO (the Niño-3
index) and precipitation (Fig. 5.1) is computed. The correlation is calculated with a low
significance level of 10 % using a student’s t-test. The blank spots in Figure 5.1 are the
correlations that did not pass the student’s t-test analysis. The model reproduces features
such as the drier conditions over Indonesia, Northern Australia and the Brazilian Noreste.
Wetter than normal conditions are simulated in particular over the Central Pacific and
on the Californian coast, in good agreement with known ENSO associated precipitation
anomalies (Ropelewski and Halpert 1987). Without going into details of the quality of
the simulated relation between the water cycle and ENSO, we conclude that the models
large-scale response to ENSO is sufficiently realistic to warrant an investigation of the
water isotopologue signals. In particular the weakening of the West Pacific branch of the
Hadley-Walker circulation and the strengthening of convective activity over the Central
Pacific during El Niño events are robust features, which are found also in observations
(Curtis and Adler 2000; Dai and Wigley 2000).
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Figure 5.1 Correlation of the Niño-3 index and Precipitation amount at each grid point
from ECHAM.

To detect a possible correlation between ENSO and the isotopic composition of water
vapor, either in the satellite data or in the ECHAM simulations, the computation for each
grid point a temporal correlation of the Niño-3 index (corresponding to the temperature
anomaly over a large area in the tropical Central Pacific) and δD of the local water vapor
is performed. The geographical distribution of the correlations is shown in Figure 5.2. In
the ECHAM simulations, there is a clear correlation/anti-correlation pattern spread over
the entire Central Pacific both in near-surface layers and in the middle troposphere. At
500 hPa, this pattern is confirmed by the TES satellite data although the signal is noisier.
At 1000 hPa, TES cannot produce the correlation pattern due to its low sensitivity close
to the surface. Most interestingly, the model shows that the correlation pattern at the
surface is inverted compared to the 500 hPa levels. Regions, which show a positive
(negative) correlation at the surface between Niño-3 and the water isotopologue, appear
to be anti-correlated (correlated) at higher altitudes.
The near-surface pattern is in line with what one may expect from the amount effect
in the tropics, which shows an anti-correlation between the precipitation amount and the
isotopic composition of the rainfall. This anti-correlation was empirically demonstrated in
several studies both on the spatial scale and on a seasonal timescale analyzing GNIP/IAEA
data (Dansgaard 1964; Rozanski et al. 1993; Araguás-Araguás et al. 1998). During an El
Niño event, convection and rainfall intensity are weaker over the Western Pacific Warm
Pool (WPWP) and stronger over large parts of the warmer than normal surfaces of the
Central tropical ocean (Ropelewski and Halpert 1987; Curtis and Adler 2000; Dai and
Wigley 2000). This leading impact of ENSO variability on precipitation amount is also
reproduced by the ECHAM model (see Fig. 5.1). Therefore the near-surface correlation
pattern (Fig. 5.2c) is what it is expected from the amount effect: over the Western
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Figure 5.2 Correlation of Niño-3 index and δDV at each grid point from ECHAM at 500
hPa (a), TES at 500 hPa (b), ECHAM at 1000 hPa (c), and TES at 1000 hPa (d).

Pacific warm pool precipitation is reduced during an El Niño event, and water vapor at
near-surface layers is therefore more enriched than normal. Conversely, over the Central
Pacific, the increase in precipitation leads to lower δD values there.
In the mid troposphere (500 hPa), however, an opposite correlation pattern is found
in the ECHAM model. This pattern is convincingly supported by the TES observations,
which are more sensitive to free troposphere water vapor than to water vapor close to
the surface. At this level, water vapor is isotopically more depleted than normal over
the WPWP area during an El Niño event (negative correlation) and more enriched than
normal over the Central Pacific (positive correlation).
Figure 5.3 shows a longitudinal cross section of the correlation/anti-correlation pattern
over the region of interest, allowing a more quantitative comparison between model results
and observations. Though such a comparison is difficult at lower atmospheric layers since
the sensitivity of the TES data is strongly reduced, there is a good correspondence between
model and observations both close to the surface and at the 500 hPa level. Averaged
over a tropical band from 15 ◦ N to 15 ◦ S, positive correlations between ENSO and the
water isotopologues from 90 ◦ E until 150 ◦ E in near-surface layers is observed. From
150 ◦ E to about 120 ◦ W, there are negative correlations. At 500 hPa, negative correlation
dominates in the Western Pacific (100 ◦ E to about 180 ◦ E) and the correlation changes
sign near the date line to positive correlations (180 ◦ W to 90 ◦ W) in the Eastern Pacific,
in the model results and in the observations. It should be noted that this pattern does
not show up in the earlier TES version 4 data, confirming former results that indicate a
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Figure 5.3 Zonal plot of correlation between the Niño-3 index and δDV from 90 ◦ E to 90 ◦ W
from ECHAM and TES at 1000 hPa (a) and at 500 hPa (b). The values are averaged from
15 ◦ N to 15 ◦ S. Red and grey shade areas are error bars calculated using one sigma standard
deviation from averaged points.

clear improvement of the water isotope product of the TES version 5 dataset (Sutanto
et al. 2015).
5.3.2

Correlation of the Niño-3 index and global δDV in Central Pacific and
West Pacific
For a more detailed analysis of the identified ENSO-related isotope anomalies and the
mechanisms controlling them, the analysis focuses in the following on two locations that
are strongly affected by ENSO, the West Pacific warm pool (130 ◦ E -145 ◦ E and 7.5 ◦ N7.5 ◦ S) and the Central Pacific (180 ◦ W-165 ◦ W, and 1 ◦ N-5 ◦ S). These two regions are
situated in the centers of the above described correlation/anti-correlation patterns and
correspond also to the two different climatic regimes during an El Niño event, i.e., a dryer
than normal Western Pacific and a wetter than normal Central Pacific.
Figure 5.4 shows 30 years (1971 to 2001) of modeled monthly anomalies of the Niño3 index vs δDV (both at the surface and at 500 hPa) averaged over the two regions
described above. The anomalies in three climatic regimes, i.e., normal conditions, El Niño
conditions and La Niña conditions are separated. “Normal” here is defined as a range of
the Niño-3 index values between -0.5 and +0.5 (orange); El Niño events correspond to
the Niño-3 index values above 0.5 (red) and La Niña events to the Niño-3 index values
below -0.5 (blue).
Close to the surface there is no clear distinction in δDV between the “La Niña” and the
“normal” regime (blue and orange points), both in the Western and the Central Pacific.
Also the spread of the corresponding δDV values is about the same. The correlation/anticorrelation pattern at the surface is mostly driven by the El Niño events. In the Central
Pacific, the δDV values also show a much larger variability during the El Niño period. As
expected from Figures 5.2 and 5.3 there is a negative (anti-) correlation in the Central
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Figure 5.4 Correlation of the Niño-3 index and δDV at 500 hPa in the Central Pacific (a),
in the West Pacific (b) and at 1000 hPa in the Central Pacific (c), in the West Pacific (d)
as simulated by the ECHAM model. The blue lines correspond to La Nia, the red lines
correspond to El Nio, the yellow lines correspond to normal condition and the black lines
correspond to all data sets. The correlation coefficients in the figure represent the overall
correlation (black lines).

Pacific (R = -0.58) and a positive correlation in the Western Pacific (R = 0.36; Fig. 5.4c
and d).
At high altitudes (500 hPa, see Figures 5.4a and b), the correlation is noisier than the
respective relation close to the surface and it is not driven principally by the El Niño events
in the simulated 30 years record, as it was the case for lower layers. In the Central Pacific
at 500 hPa, for instance, the relation between the water isotopologues and the Niño-3
index during El Niño events is completely flat (red curve in Figure 5.4a). Therefore, not
only one has to explain inverse relationships between the water isotopologues and the
ENSO affected intensity of convection, circulation and rainfall at lower and higher levels,
but also a certain asymmetry between La Niña/El Niño events and their respective impact
on the water isotopologues.
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5.3.3 Evaporation and condensation
The associated anomalously warm and cold SST during El Niño and La Niña for long
periods in the tropical pacific change the isotopic composition of water vapor. The
phase changes during evaporation and condensation are linked with isotope fractionation
processes and mark the isotopic composition of water in an air mass with its “fractionation
history”, marked by one or several cycles of evaporation, transport, condensation, reevaporation, etc. A Rayleigh distillation diagram (such as in Fig. 5.5) can be used to
characterize an air mass by its specific humidity, q, and its water isotopic composition.
Following Worden et al. (2007); Noone (2012), here two extreme cases of air mass histories
are specified. The black solid line describes the δDV -q composition of an air mass that
undergoes a Rayleigh distillation. Starting from isotopic equilibrium with the ocean water
(δD = -79 h), an air mass is cooled down and all forming condensate is immediately
removed. This rainout leads to a strong isotopic depletion of the remaining air mass
(black curve in Fig. 5.5). A mixing evaporation line (orange curve) is defined by mixing
the evaporative flux and its comparably enriched water isotopic composition with a dry
depleted air mass originating at higher altitudes (Worden et al. 2007; Brown et al. 2008;
Lee et al. 2011).
When plotting the near surface and high-altitude measurements and model results
in such a diagram (δDV vs q), a number of interesting features with regard to ENSO
variability can be identified.
1) Under normal (orange symbols) and La Niña conditions (dry, blue symbols), surface
evaporation predominates at the Central Pacific and consequently the model results (Fig.
5.5a, at 1000 hPa) indicate that the water vapor is close to isotopic equilibrium with the
ocean water, which means that the surface water reservoir originates nearly entirely from
ocean evaporation. During El Niño events, the isotopic composition of water vapor at
the Central Pacific is lower than normal since it is under a stronger influence of moisture
convergence (Lee et al. 2007a; Moore et al. 2014) and convective rain (red dots in Fig.
5.5a; Risi et al. 2008; Kurita 2013; Lekshmy et al. 2014). The convergence vapor imported
from the subtropics, which has lighter isotopologue, lowers the isotopic composition of
water vapor in the tropics and it becomes more important as convection strengthens (Kurita 2013; Moore et al. 2014). In addition, the vapor is tagged by isotopic fractionation
processes associated with convection and accompanying condensation processes is displayed onto the boundary layer vapor via the falling raindrops. Re-evaporation of falling
raindrops and isotopic equilibration of the droplets below the cloud base with the surrounding water vapor leads to a clear shift of the isotopic composition of the surface-near
vapor towards the condensation line. Thus the vapor at near-surface layer is influenced by
the convergence of vapor and by the condensation process from higher altitudes through
equilibration of rain droplets with surrounding vapor in a wetter condition and not by the
local condensation.
2) The West Pacific warm pool is marked by less variability (small range of humidity
variations), which is probably due to the smaller SST variations (Fig. 5.5b). The region is also wetter than the Central Pacific both close to the surface and in the middle
troposphere. In the West Pacific region, El Niño states are representative of dryer than
Normal/La Niña conditions. Consequently, the vapor is closer to isotopic equilibrium with
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the ocean during El Niño conditions and more influenced by condensation from the isotopic exchange of falling rain droplets with surrounding vapor during the wetter La Niña
conditions (Fig. 5.5b).
3) At 500 hPa, the model results indicate in general wetter air and isotopically more
enriched water vapor in the West Pacific than in the Central Pacific (Fig. 5.5a and b).
This is also clearly confirmed by the TES observations indicating specific humidity between
3-5 g/kg in the West Pacific and between 1-3 g/kg in the Central Pacific (Fig. 5.5c and
d). Also, the vapor is about 50 h more enriched in the West Pacific. Both features
corroborate the idea that the mid troposphere over the WPWP is closer connected to
surface humidity both in terms of the actual specific humidity values and the stronger
enrichment of the vapor. This property is probably due to a more intense and regular
convective activity over the WPWP region.
4) Central Pacific TES data are constrained by the pure Rayleigh distillation. On
the contrary, high altitude data over the WPWP are generally more moist and enriched
than the Central Pacific data. The intense convection over the WPWP is probably responsible for this feature. There are a number of possible processes suggested to explain
“non Rayleigh distillation” δDV -q values at high altitudes. Most of them are associated
with convective activity such as intense condensation during the ascent of the air parcels,
which lower δD (Risi et al. 2008), uplift and evaporation of ice crystals and/or detrainment/entrainment of air within convective towers, which moisten and enrich δD (Smith
et al. 2006; Moyer et al. 1996). The ECHAM model does not reproduce this non-Rayleigh
distillation influence as it is seen in the TES data where the isotopic composition of water
vapor is relatively more depleted than the Rayleigh distillation curve. The simulated vapor
data from the model are largely situated in between the mixing evaporation/condensation
lines for both over the Central Pacific and over the WPWP. The deviations from the
Rayleigh-like behavior can arise from mixing between different air masses, detrainment of
condensate, or from rainfall evaporation (Risi et al. 2012b). These processes may not
be simulated well in the ECHAM model and lead to the δD bias at high altitudes. The
possible role of convection will be discussed in more detail in chapter 5.3.5.
Though simulated WPWP high altitude data from ECHAM are not in good agreement
with TES data when comparing absolute values of q and δDV , the simulated isotopic
response to ENSO variability in both regions, WPWP and Central Pacific, corresponds
quite well to the TES observations. Water vapor over the Central Pacific is shifted from
dryer and more depleted values during La Niña to wetter and more enriched values during
El Niño with neutral ENSO conditions being situated in between (Fig. 5.5c). Over
the WPWP, Figure 5.5d shows nearly the contrary. El Niño events appear more depleted,
though only slightly wetter. Model results and TES observations only agree in this isotopic
reaction to ENSO. For humidity, however, the model results and TES disagree, with more
humid from the model and drier from the observation during La Niña. Interestingly, over
the Central Pacific, ENSO provokes a clear response of the specific humidity q and δDV ,
whereas over the WPWP, we mainly identify a reaction of the isotopic composition of
δDV and virtually only small changes in q. The reason is that the WPWP is a well-known
area with persistent convection and thus the ENSO only increases/reduces the convective
activities during La Niña/El Niño. In general there is a specific ENSO pattern at high
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Figure 5.5 δDV as a function of specific humidity (q) from the ECHAM model in the
Central Pacific (a) and in the West Pacific (b); δDV as a function of specific humidity (q)
from observations in the Central Pacific (c) and in the West Pacific (d). The black lines
correspond to a Rayleigh model and the orange lines correspond to a mixing evaporation
model.

altitudes which is not trivial to explain in terms of known isotope effects (e.g., amount
effect as described by an inverse relation with the amount of precipitation) and whose
signature might serve in the future to evaluate simulated ENSO responses of the water
cycle.
Figure 5.5c and d show also SCIAMACHY total column data. Unfortunately, the
SCIAMACHY data do not appear to be very realistic. For total column data the δDV and
q are much too depleted and much too dry, respectively. This is caused by the fact that
SCIAMACHY only measures HDO and H2 O above low-level clouds over the ocean (since
the ocean surface itself is too dark in the short-wave infrared). Also, during SCIAMACHY
measurements from years 2003-2007 there was no strong ENSO event, neither El Niño
nor La Niña. This probably also contributes to the difficulty to distinguish any clear ENSO
associated pattern in the SCIAMACHY data. Note, the ENSO signature similar to the
figure 5.2 cannot be produced.
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5.3.4 The isotope amount effect
Above, the hypothesis that near-surface layers are “isotopically” under the influence of
re-evaporation and of re-equilibration with falling raindrops is formulated. The first flux is
a net flux from the raindrops into the surrounding atmosphere. The second process is the
result of gross fluxes after rain evaporation, which could affect the Planetary Boundary
Layer (PBL) isotopically. Both processes possibly contribute to the amount effect-like
response of the water isotopologues in near-surface vapor to ENSO variability. Wetter
(dryer) conditions lead to more (less) depleted water vapor. Note that these processes
(re-evaporation and re-equilibration) were already mentioned in the first publication on
interpreting water isotopic signals as possible processes contributing to the amount effect
in rainwater (Dansgaard 1964). More (less) rainfall, so goes the argument, humidifies the
boundary layer and leads to less (more) re-evaporation and therefore less fractionation,
which would then deplete (enrich) the corresponding rainfall. The rain re-evaporation and
diffusive exchange between rain and vapor explain why the boundary layer water vapor
reacts in the same way as precipitation (Lee and Fung 2007; Risi et al. 2008; Tremoy
et al. 2014). Formulated this way, the mechanism served to explain the amount effect in
tropical/sub-tropical precipitation and water vapor.
To check the relevance of the proposed isotopic exchange processes between rainfall
and boundary layer water vapor, Figure 5.6 presents the time evolution (1971-2001) of
both the water isotopic composition of vapor and corresponding precipitation for two
target regions in the model. Unfortunately, only model results are available to do such
an analysis. A sufficiently dense network of rain sampling stations combined with isotopic
analysis (such as GNIP; Aggarwal et al. 2007) does not exist in the tropical Pacific.
The comparison of the Niño-3 index with the isotopic composition of near-surface water
vapor and the corresponding dis-equilibrium between precipitation and the respective vapor
in the model is performed. In perfect equilibrium between rain and vapor the following
relation holds (Gat 1996):
RP = α · RV

(5.1)

with RP and RV being the isotope ratio HDO/H2 O (∼0.5xHDO/HHO) for rain and
vapor, respectively, and α is the equilibrium fractionation factor, which is only controlled
by temperature (Majoube 1971b). Consequently, the isotopic dis-equilibrium is defined
as:
δDdis = δDP − (α · δDV + ε)

(5.2)

ε = (α − 1) · 1000

(5.3)

In perfect equilibrium the difference RP - α · RV is zero, thus indicating that the liquid
and the vapor had enough time to reach an isotopic equilibrium that is only controlled
by the surrounding air temperature. Temperature is supposed to be constant during the
time of the isotopic exchange processes. Obviously, this will hardly be the case for falling
raindrops. Equilibrium then depends on, among other factors, the respective droplet size,
fall velocity and the surrounding relative humidity (Stewart 1975).
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Figure 5.6 Monthly plot of δDP from ECHAM and δDP equilibrium differences in Central
Pacific (a) and West Pacific (b) at 1000 hPa. 50 h has been added in δDV for plotting
purposes.

Figure 5.6a (Central Pacific) shows strong negative excursions of δDV that systematically coincide with El Niño events. However, most of the smaller scale variability of δDV
does not seem to be influenced by ENSO. Many processes may influence the δDV during
normal condition such as mixing, moisture convergence, rain evaporation, and surface
evaporation. The control of ENSO on δDV is mainly taking place during the 3-5 major
Niño events (1972, 1982, 1987,1992, 1997). The water isotopologues respond to rising
tropical SSTs (Niño-3 index). However, a different intensity of the Niño event (at least
based on the Niño-3 index used here) does not provoke similarly different excursions of
the water isotopologue. The response of δDV is not linear and this holds both for the
variations between El Niño and La Niña events and even between the different El Niño
events.
In both regions, the mean value of the isotopic dis-equilibrium is negative implying
incomplete equilibration with the surrounding boundary layer water vapor. This is to
be expected, since the model’s parameterization only allows partial equilibration of falling
raindrops (nearly complete equilibration for small droplets i.e., formed in stratiform precipitation and only ∼50 % equilibration for big droplets i.e., formed in convective systems).
This model result is in agreement with other model-based studies (Lee and Fung 2007;
Risi et al. 2008).
In the Central Pacific, major El Niño events are associated with strong negative excursions of the isotopic dis-equilibrium (blue line, Fig. 5.6a). Together with the negative
excursions of the PBL water vapor (green line, Fig. 5.6a), this leads to the following
scenario:
1) When raindrops fall into a wet boundary layer, there is less isotopic exchange
between the raindrops and the surrounding vapor, keeping the raindrops out of equilibrium with the vapor. The raindrops pass the PBL without being effectively enriched by
fractionating re-evaporation since relative humidity increases considerably under El Niño
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conditions. In addition, the falling rain droplets transfer depleted cloud conditions to the
PBL.
2) Furthermore, there is a shift of precipitation from stratiform cloud systems to convectively formed precipitation when changing from neutral or La Niña conditions to El
Niño conditions (see also chapter 5.3.5). This is shown in figure 5.5a where the humidity
becomes wetter during El Niño events for both at near-surface and higher altitudes. Convectively formed precipitation is typically composed of larger and therefore faster falling
raindrops. In the ECHAM model it is parameterized as only partly (i.e., 50 %) reaching
full isotopic equilibrium. Thus the predominance of convective precipitation leads to less
equilibration with the surrounding layer.
In summary, both mechanisms, i.e., a more humid atmosphere suppressing fractionating re-evaporation and a shift to more dominating convective precipitation, lead to less
isotopic equilibration of the simulated rainfall.
In contrast to the Central Pacific, the West Pacific warm pool region shows a slightly
different pattern. The δDP−eq values are always negative meaning that there the precipitation is never in isotopic equilibrium with the surrounding vapor. This is in agreement with
our reasoning above. Over the WPWP, precipitation is clearly dominated by convective
processes and thus out of equilibrium with the vapor, which leads to more depleted rain
relative to the PBL vapor. During El Niño events this dis-equilibrium is slightly reduced
(blue curve, Fig. 5.6b). The arguments presented above regarding the relation between
wetter than normal conditions and more convectively formed precipitation in the Central
Pacific apply to the WPWP, but with an opposite sign. One reason for the relatively
weak signal in the dis-equilibrium time series during El Niño events might be that the
shift towards less convectively formed precipitation (leading to potentially more isotopic
equilibration) is less clear in this region.
One should keep in mind that the respective isotope exchange and raindrop evaporation
processes discussed above are the result of a model simulation. The respective processes
are highly parameterized and idealized and the choice of the involved parameters is hardly
constrained by direct observations.
5.3.5 Convective updrafts
In section 5.3.4 it is argued that changes from stratiform to convective precipitation could
contribute to the simulated variability of the isotopic dis-equilibrium between rainfall and
water vapor. Already in several former studies (Gedzelman and Arnold 1994; Kurita et al.
2011) it was shown that convective precipitation produces higher δDP than stratiform
precipitation. In addition, Kurita et al. (2011) showed that convection would enrich the
isotopic composition of water vapor at altitudes above 600 hPa. Following the hypothesis
from the former studies that the convection will produce higher δD in precipitation and
vapor at higher altitudes, the simulated shifts of convective precipitation are analyzed
and compared with the water isotopologues at 500 hPa. Again one should keep in mind
that such a clear distinction between stratiform and convective precipitation is a result of
climate model design, which does not exist in nature.
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Figure 5.7 Relationship of δDV at 500 hPa and the amount of convective precipitation
from ECHAM in the Central Pacific (averaged from 165 ◦ W-150 ◦ W and 5 ◦ N-5 ◦ S, a) and
in the West Pacific (averaged from 110 ◦ E-135 ◦ E and 10 ◦ N-10 ◦ S, b); TES δDV at 500
hPa and the amount of convective precipitation from ECMWF and TRMM in the Central
Pacific (c) and in the West Pacific (d).

Figures 5.7a and b demonstrate the influence of convection on δDV at 500 hPa in
the two regions from the model. Over the Central Pacific the correlation of convection
intensity and the water isotopologues is high (R = 0.64, Fig. 5.7a) whereas over the
WPWP it is weaker (R = 0.47, Fig. 5.7b). More (less) convection is associated with
less (more) depleted water vapor. Though the time series of both precipitation and the
water isotopologues are dominated by the seasonal passage of the ITCZ over the regions
of study, many intra-seasonal variations are also in apparent synchronization.
A possible explanation for this simulated feature involves the uplift of marine boundary
layer vapor. In the tropics, convection picks up vapor at lower altitudes, even from the
marine boundary layer, and lifts it up to typically heights of 10-12 km. In the sub-saturated
regions outside the updrafts, the convective tower release vapor with δD characteristics
similar to near surface layers, leading to an efficient enrichment process of the midtroposphere (Smith et al. 2006).
Since the distinction between stratiform and convective precipitation partly depends
on model design and parameterization, the corresponding comparison between convective
precipitation and the water isotopologues using observations is difficult. In Figure 5.7c
98

and d, two different observational data sets of precipitation are shown together with
the TES δDV data centered at 500 hPa. Obviously, there is a good correspondence
between convective precipitation and δDV above the Central Pacific and the correlation
is weaker over the WPWP. Not only the seasonal cycle, but also second order variations
of convective precipitation and δDV vary, leading to a correlation of R = 0.83 and 0.72 in
the Central Pacific and R = 0.58 and 0.47 over the WPWP using ECMWF and TRMM,
respectively. One shall note that TES cannot retrieve δDV signal in the presence of deep
convection or the data are biased high to higher altitudes (e.g., no measurements during
high precipitation year 2010) and that a correct representation of tropical precipitation
is a persistent problem for models. The ERA Interim reanalysis data are obtained by
assimilating observational data (surface observations but also radiosonde and satellite
data) into the weather forecast models of the ECMWF. The distinction between convective
and stratiform precipitation remains a result of model dependent parameterization also in
case of the re-analysis data.
The correlation between stratiform precipitation and δDV above the Central Pacific
and the West Pacific is also calculated (Figure not shown). Although, there is also a
correlation between stratiform precipitation and δDV , the correlation values (R) from all
datasets in general are weaker than for convective precipitation. Moreover, convective
precipitation has higher contribution to the total precipitation amount than stratiform
precipitation and this is also applicable for ENSO case.

5.4

Summary and discussion

This study has investigated the impact of ENSO on the tropical water cycle and the
corresponding water isotopologue signatures. To that end, satellite data and model results
have been used providing simultaneous information on both the atmospheric vapor and
its isotopic composition. Within the tropics, two key regions were identified where δDV
reacts particularly sensitive to ENSO and systematically with opposite signs: the Central
Pacific and the region of the West Pacific Warm Pool. Figure 5.8 summarizes these
findings comparing the water isotopologue signals near the surface and in the middle
atmosphere during ENSO neutral, El Niño, and La Niña conditions. Figure 5.8a and
b show two different sets of observational data (remote sensing data and GNIP surface
observations), and model results over our two study regions. The regional mean δDV is
shown at 500 hPa (both for ECHAM model results and TES data) and at near-surface
layers (only ECHAM results due to the poor quality of TES data near the surface). This
allows visualizing the isotopic gradients between the lower and the middle atmosphere
and their changes under varying ENSO conditions. Furthermore, the isotopic composition
of precipitation (ECHAM and GNIP data) is added. The difference between the isotopic
signals of precipitation and of near-surface water vapor is indicated by the length of the
colored bars, which are each associated to a different ENSO state (always with the above
introduced distinction of El Niño, La Niña and Neutral states).
Over the Central Pacific, El Niño conditions correspond to an anomalously warm and
wet atmosphere with more intense convection and correspondingly more precipitation (see
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Figure 5.8 Average δDP and δDV during La Niña, normal, and El Niño condition from
ECHAM, TES, and GNIP database at Central Pacific (a) and West Pacific (b). Lines show
the differences between normal condition (black), El Niño (red), and La Niña (blue) from
ECHAM as a benchmark.

Fig. 5.1). The combination of these changes results in a reduced vertical isotopic gradient
during El Niño events. Both atmospheric levels, near-surface layers and the middle troposphere (500 hPa), contribute to this reduced gradient. The near-surface layers become
more depleted and the middle troposphere becomes more enriched than during ENSO
neutral conditions. During La Niña the atmosphere reacts oppositely with more depleted
δDV in the middle troposphere. Near-surface levels remain nearly unchanged compared
to ENSO neutral conditions. Nevertheless the consequence of La Niña conditions is an
increased isotopic gradient. Over the WPWP (Fig. 5.8b) one recognizes an inverse response, i.e., the vertical gradients of the water isotopologues are reacting in an opposite
sense compared to the Central Pacific. Though the shift to a steeper isotopic gradient
under El Niño conditions and to a less steep gradient during La Niña is not so clear as
at the Central Pacific (Fig. 5.8b), it is evident that the WPWP region reacts inversely to
the Central Pacific.
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The variable dynamics of δDV in the atmospheric column is accompanied by associated
changes in the isotopic equilibrium between precipitation and near-surface water vapor. In
Figure 5.8, the length of the three colored bars gives a qualitative measure of the isotopic
difference between the falling raindrops and surrounding vapor during the three ENSO
phases. The bars connect the ECHAM modeled isotopic values of the near-surface vapor
(δDvap−surface ) and precipitation (δDP ). Over the Central Pacific the distance between
both values is shortest during El Niño and largest during La Niña. As was explained
in detail in chapter 5.3.4, these changes correspond to negative excursions from the
isotopic equilibrium during El Niño and to near equilibrium situations during La Niña.
Again the inverse situation over the WPWP area is found. There, the distance between
δDvap−surface is largest during El Niño (approaching equilibrium) and smallest during La
Niña. It is not possible to fully confirm these model results by observations since there is
no access to reliable information on the isotopic composition of near-surface water vapor
over the respective areas. However, at least all available GNIP δDP data correspond to
the variations of the modeled precipitation δD values in our study areas, i.e., a response
corresponding to the isotope amount effect. El Niño, La Niña, and neutral conditions
are associated to wet, dry and intermediate situations over the Central Pacific and the
associated precipitation is isotopically most depleted, less depleted and intermediate in
the GNIP observations similar to the ECHAM model results. The contrary holds for the
WPWP area where again the GNIP data confirm the ECHAM model results.
Although there are many processes that may influence the isotopic composition of
water vapor during ENSO events such as moisture convergence, large-scale advection and
subsidence, the response of the water isotopologues to ENSO conditions in different parts
of the Pacific/Indian Ocean is plausible caused by the associated changes in convective
activity and convectively formed precipitation. Convection picks up water vapor in nearsurface layers, which is isotopically enriched relative to water in the middle troposphere.
Within the convective updrafts this comparably enriched vapor is lifted up to higher levels
undergoing continuous condensation and isotopic depletion of the corresponding vapor.
A further process often linked to convective activity is the possible uplift of condensate
(possibly in form of ice crystals) and the re-evaporation of this comparably enriched
condensate. The latter process was often discussed as one of the leading mechanism
humidifying the upper troposphere (Moyer et al. 1996; Smith et al. 2006; Lee et al. 2011)
and might also contribute to the anti-correlation between ENSO and δDV at mid altitudes.
In summary, more intense convection means less depleted vapor in the middle troposphere
since it connects lower atmospheric layers more effectively with higher layers. The inverse
is true for situations with less intense convection as for the WPWP during El Niño events.
An increase in convective precipitation also affects the isotopic composition of nearsurface vapor and the corresponding precipitation. Convective precipitation is typically
formed by larger raindrops with greater fall velocities than smaller droplets, the later
being more typical for rain formation within stratiform clouds. Both size and fall velocity
do not favor isotopic equilibrium between raindrops and surrounding vapor (Stewart 1975).
The shorter the time a raindrop is in contact with the corresponding water vapor, the more
incomplete is the isotopic equilibrium between both. Also a comparably wet atmosphere
below the cloud base reduces the evaporative flux from the raindrops. The combination of
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these factors typical for El Niño condition in the Central Pacific, i.e., larger rain drops, large
fall velocities of the raindrops and a wetter atmosphere below the cloud base suppress the
isotopic exchange between the raindrops and the atmosphere and lead to a larger isotopic
dis-equilibrium. This is exactly what the ECHAM model simulates and what is qualitatively
in agreement with the available data (see chapter 5.3.4). The latter mechanisms have been
mentioned repeatedly as contributing to the classical isotope amount effect (Dansgaard
1964; Rozanski et al. 1993; Araguás-Araguás et al. 1998; Bony et al. 2008; Risi et al.
2008). Here this study has shown that, at least in the ECHAM model (and in qualitative
agreement with observations), the amount effect and the rain-vapor equilibrium processes
are strongly linked to the intensity of convective precipitation.

5.5

Conclusions and perspective

The study demonstrated that the ECHAM model is able to reproduce observed changes
of the isotopic composition of water vapor and precipitation associated to ENSO, both
in near-surface atmospheric layers and in the middle atmosphere. Two locations that are
particularly influenced by ENSO and represent different climatic conditions, the Central
Pacific and the West Pacific warm pool area are identified. The ECHAM model reproduces
the variable relationships between ENSO indices and δDV at different height levels and
variable degrees of isotopic equilibrium between δDvap−surface and δDP and its relation with
ENSO. The analysis also demonstrates that the leading process controlling these variable
relationships between the δDV and different climate quantities in the ECHAM model is
the simulated convective activity. The importance of convection is also in qualitative
agreement with observations.
However, does the model do the right thing for the right reason? This persistent
question of all climate modeling is important in particular with regard to the use of the
water isotopologues. Equilibrium fractionation processes are established from laboratory
experiments. However, most non-equilibrium processes are parameterized within the hydrological cycle of the GCMs in a simplistic way. Even the exact functioning of ocean
surface evaporation and the dependence of the isotopic fractionation during evaporation
on wind conditions and ocean surface properties is still unclear (Schmidt et al. 2005; Bony
et al. 2008; Risi et al. 2008). This analysis suggests that two issues should be investigated
in more detail in further studies.
1) The equilibrium between rain droplets and surrounding vapor is introduced into the
ECHAM model as into most existing isotopic GCMs in a simplistic way. Raindrops from
stratiform clouds are prescribed being in near equilibrium with the vapor (∼95 % equilibrium) whereas convective rain is prescribed being only partly in equilibrium (∼50 %). This
parameterization is certainly reasonable based on observations of typically different raindrop sizes. However, nature does not know such a clear distinction between stratiform and
convective rain as it is used in most climate models. A mechanistic representation of isotopic equilibrium processes for falling raindrops needs a realistic representation of raindrop
size spectra in climate models, something which is not yet available. It would also need
additional laboratory experiments since existing parameterizations of below cloud isotopic
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processes (evaporation of raindrops into a relatively humid atmosphere) is based on few
experiments performed in the 1970s (Stewart 1975) and needs certainly a broader experimental base. Here, the found robustness of the varying isotopic dis-equilibrium between
δDvap−surface and δDP should be studied in more detail in future sensitivity experiments
such as in Jouzel et al. (1991). Furthermore, a broader observational basis is needed in
particular for δDV above the ocean surface, preferentially by remote sensing techniques
to provide a large spatial coverage or by in-situ ship measurements.
2) This study associated the anti-correlation of δDV at 500 hPa and ENSO to the
uplift of comparably enriched surface vapor within convective systems. This result needs
also a more detailed analysis preferentially using multi model ensemble runs. Different
parameterization schemes describing the triggering of convection and the uplift of lower
layer air to higher layers might differ with regard to the simulated water isotopologue
signal during ENSO. Ideally such a comparison of different isotopic GCMs could provide
us with an interesting benchmark test for the performance of the different convection
schemes during ENSO.
The leading mechanisms controlling the anti-correlation between water isotopologues
and precipitation in the tropics/sub-tropics (i.e., the amount effect) are disputed since
the first description of the amount effect in the 1960s (Dansgaard 1964). Recent studies
show that evaporation of falling raindrops into the atmosphere under the cloud base is
an important source of humidity for the boundary layer (Sud and Walker 1993; Worden
et al. 2007). Less precipitation, therefore, means that the evaporative flux from the ocean
becomes a more important humidity source compared to the evaporation from raindrops
formed in convective events. This flux is considerably more enriched. On the other hand,
in the tropics, more rainfall means more intense uplift within the tall convective towers.
Such a vertical rainout effect leads to condensation at colder cloud top temperatures
and produces more fractionation at the end of the Rayleigh distillation process. Both
circumstances lead to more depleted precipitation and, finally, by less re-evaporation of
raindrops and isotopic exchange to more depleted water vapor in the boundary layers
(Lee and Fung 2007; Risi et al. 2008; Moore et al. 2014). Despite these important recent
contributions, the importance of the different processes contributing to the isotope amount
effect is still under debate. Here, the role of evaporation and isotopic re-equilibration of
falling raindrops below the cloud base is pointed out. Again a multi-model sensitivity
study might be able to disentangle the importance of the different processes. The latter
is particularly important in order to obtain a solid basis for the interpretation of the many
existing and upcoming paleo isotope records from the tropics of which interpretation is
notoriously complicated (LeGrande and Schmidt 2011).
In this study we do not discuss the influence of moisture convergence to δD in precipitation and vapor during ENSO in detail. Lee et al. (2007a); Moore et al. (2014) discuss
the importance of moisture convergence to understand the amount effect processes in the
lower troposphere. A comparison between the strength of moisture convergence and the
isotopic composition of water during ENSO events is suggested in further study.
The finding shows that the isotopic composition of water vapor measured by satellites
can be used to study the ENSO variability and its impact at low and high altitudes. It is
now generally believed that the key processes controlling the spread in simulated climate
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sensitivity of the existing climate models are situated in the tropics/subtropics and are
linked principally to cloud processes and their coupling to the atmospheric dynamics as
represented by the different models (Sherwood et al. 2014). A possible application of
studies like the one presented here is to develop a diagnostic tool based on the water
isotopologues to evaluate the different cloud processes simulated by GCMs (Stevens and
Bony 2013).
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6

Spread in lower tropospheric
mixing, climate sensitivity, and
isotopic gradient
“The most reliable way to forecast the future is to try to understand the present”
John Naisbitt

Based on: Sutanto, S. J., Hoffmann, G., Risi, C., Worden, J., Yoshimura,
K., Werner, M., and Röckmann, T, Intermodel spread in lower tropospheric mixing and climate sensitivity related to isotopic gradient. In preparation.
Abstract
State-of-the-art climate models simulate a wide spread among their respective equilibrium climate sensitivity (ECS about 1.5-4.5 ◦ C). Several studies have demonstrated that there is a
link between lower tropospheric mixing, low-level cloud feedbacks and the respective modeled
climate sensitivity. Here the isotopic composition of water vapor is used to study small-scale convective mixing and the inter-model spread of ECS. This study investigates whether the strength
of lower tropospheric mixing leaves an imprint on the observed and modeled δD gradients using
10 different isotope-enabled GCMs and compares the model results with TES observations. The
results confirm that regions with intense mixing and strong convection are marked by a flatter
isotopic gradient. However, a model intercomparison does not show a similar relation: models
simulating steeper or flatter isotopic gradients are not necessarily marked by weaker or stronger
mixing (or smaller/larger ECS). A possible main reason for the lack of such a straightforward
relation may be that the different “isotopic” GCMs vary too much in the parameterization of
important hydrological processes and even in the parameterization of the water isotope fractionation processes themselves. Therefore, the simulated gradients in the atmosphere potentially are
controlled by processes other than vertical mixing. The subtraction of a part of the variability
due to the isotopic composition of precipitation computed by each model confirms our hypothesis. It is suggested that model sensitivity studies are needed to identify the leading processes
controlling the isotopic gradient and to isolate properly the impact of the mixing processes.

6.1

Introduction

The Equilibrium Climate Sensitivity (ECS) is commonly used to measure the Earth’s
temperature response to a change in external forcing, e.g., a change of the concentration
of atmospheric greenhouse gases (GHGs such as CO2 , CH4 , N2 O) or of the intensity
of solar radiation (solar constant). Global Circulation Models (GCMs) submitted to the
Coupled Model Inter-comparison Project phase 5 (CMIP5) exhibit a wide range of ECS,
roughly 1.5-4.5 ◦ C warming for a doubling of CO2 concentrations relative to preindustrial
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levels (Andrews et al. 2012; Sherwood et al. 2014). Obviously this uncertainty is very
relevant when estimating the possible consequences of a projected future rise of GHG
concentrations. Several studies have demonstrated that the main mechanism responsible
for the large spread in simulated ECS is the cloud feedback, i.e., the aggravating or
mitigating effects of cloud coverage and its influence on the Earths radiative balance
(Cess et al. 1990; Soden and Held 2006; Dufresne and Bony 2008).
The cloud feedback depends also crucially on where the respective clouds are formed
or disappear. An increase of low-level clouds, which have a strong albedo effect, provokes
a cooling effect. To the contrary, mid- and high-level clouds have strong long wave
absorption and re-radiation properties, which is why they act similar to greenhouse gases.
An increase of this type of clouds leads to an additional warming (Webb et al. 2006; Zelinka
et al. 2012). However, it is a complicated problem whether there will be more or less clouds
at a certain height in a warming environment due to increasing GHG concentrations. It’s
solution needs a thorough understanding of the dynamic-thermodynamic coupling of a
warming atmosphere, changing air movements and cloud formation (Stevens and Bony
2013). Models give quite different answers to this highly non-linear problem and it is one
of the key problems of climate sciences to identify which models have a more realistical
representation of the cloud feedback. The most important contributor to the wide spread
of the simulated cloud feedbacks presumably is tropical/subtropical low-level clouds (Bony
et al. 2004; Bony and Dufresne 2005; Zhao 2014).
As climate warms, the evaporation from the oceans and the liquid water lapse rate
will increase by about 1-3 % K−1 depending on different estimates (Wentz et al. 2007;
Rieck et al. 2012). The additional vapor might increase low-level cloud covers leading
to a negative feedback. On the other hand, a possible intensified mixing with free tropospheric air due to the increase of boundary layer depth in the warm climates will dry
the atmospheric boundary layer, leading to a decrease of low-level clouds and therefore
produces a positive feedback (Bony and Dufresne 2005). Humidifying or dehydrating the
lower troposphere involves a large list of possible mechanisms, such as convective mixing
between the free troposphere and the boundary layer, downdrafts associated to tropical
convection, local compensating subsidence, and evaporation of falling rain. Sherwood
et al. (2014) demonstrated that models with a relatively intense mixing over certain tropical areas better agree with observational estimates of Planetary Boundary Layer (PBL)
to free troposphere mixing. Models with such an intense mixing under todays climate
condition desiccate the PBL in a warming scenario and consequently tend to produce less
low-level clouds in the tropics and therefore more intense warming (i.e., a higher ECS).
This result was partly confirmed by other model inter-comparison studies showing that
models with a more realistic hydrological cycle in the tropics under present conditions
tend to have larger ECSs (Fasullo and Trenberth 2012; Su et al. 2014).
However, it is quite precarious to select just one specific simulated variable among
hundreds of possible climate variables and use its correlation to ECS as the basis for
constraining simulated ECS values. The problem of data mining between model quantities and ECS easily produces a number of false positives since in a highly non-linear
system the interdependency of different parameters is very high (Peter Caldwell, talk at
AGU 2013). Certainly one has good reason to focus for example on mechanisms that
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humidify or desiccate the tropical PBL and influence low-level clouds, but further independent variables to test against are certainly desirable. Also, in the studies mentioned
above (Sherwood et al. 2014; Su et al. 2014), the models were tested against highly
derived quantities from re-analysis data. Re-analysis data are blended products of observations and model calculations, which bear of course a certain risk of circular reasoning.
Ultimately, model quantities are tested against “observations” (e.g., small-scale mixing)
partly produced by climate models themselves. This motivates to look for other directly
observable parameters, which are simulated by climate models and which also relate to
ECS.
Here, the use of the water isotopic composition (δD), which is a longtime existing proxy
of the hydrological cycle (Dansgaard 1964), is proposed. The physics of fractionation of
the water isotopologues is very well-known (Merlivat 1978). Due to their different partial
pressure and diffusivities, the heavier water isotopologues, HD16 O and H2 18 O, separate
during each phase change from the lighter and far more abundant one, H2 16 O. Therefore,
the fractionation processes leave a characteristic imprint of the respective condensation,
evaporation and transport history on the isotopic composition of both precipitation and
water vapor. In particular, it is interesting whether the water isotopologues are sensitive
to mixing processes and cloud formation in the tropical areas where the discussed cloud
feedbacks presumably have the greatest effect. The study uses water isotopologue measurements from the Tropospheric Emission Spectrometer (TES) instrument onboard Aura
(Worden et al. 2012) and the results from 10 isotope-enabled GCMs submitted to the
Stable Water INtercomparison Group phase 2 (SWING2).
The study is organized as follows: data and methods used in the study are briefly
discussed in chapter 6.2. Chapter 6.3.1 verifies that the subset of climate models used
here showed similar relationships between ECS and vertical mixing as the full set of CMIP5
models. The focus here is on a simple index, S, of small-scale mixing. Analysis shows that
this index is related to convective activity and that within one model it is spatially related
to the water isotopologues (Chapter 6.3.2). Finally, it is examined whether a relationship
between S, ECS, and δD holds when comparing different models and large geographical
means of the respective quantities (Chapter 6.3.3). Chapter 6.4 discusses and concludes
the findings.

6.2

Data and methods

Sherwood et al. (2014) introduced the lower tropospheric mixing index (LTMI) as a
measure of the strength of shallow convective mixing, such as by cumulus clouds and
large-scale shallow overturning over global ocean regions. The LTMI index consists of
two mixing components: small-scale mixing (S) and large-scale mixing (D), where these
components are not directly available in the CMIP3/5 GCM model outputs.
In our study, we only use the small-scale mixing index (S) focused over the West Pacific
Warm Pool (WPWP, 75-165 ◦ E and 10 ◦ N-10 ◦ S) as in Sherwood et al. (2014). The S
index is a linear combination of the differences between temperature (T ) and relative
humidity (R) between 700 and 850 hPa, calculated as:
107


S=

∆R700−850 ∆T700−850
−
100%
9K


/2

(6.1)

When mixing between the boundary layer and free troposphere is mainly through
shallow convection, the free tropospheric air that is being mixed with the boundary layer
is moist (due to shallow convective detrainment) and cool (due to its limited subsidence
from shallow cloud tops to the boundary layer top). Therefore, R700−850 is weakly negative
and T700−800 is strongly negative, so that S is large. In contrast, when mixing between
the boundary layer and free troposphere is mainly through deep convection, the free
tropospheric air that is being mixed with the boundary layer is dry and warm (due to
its long subsidence from deep convective cloud tops to boundary layer top). Therefore,
R700−850 is more negative and T700−800 is less negative, so that S is small (Sherwood et al.
2014).
The measurement of water vapor isotopologues (HDO/HHO) from TES onboard Aura
satellite is used in the study (Worden et al. 2006, 2012). The S index is calculated using
observational parameters from both the ERA-interim re-analysis from the ECMWF (Betts
and Jakob 2002; Bechtold et al. 2004; Dee et al. 2011), and from the TES satellite. Two
different convective precipitation datasets are obtained from ERA-interim and the TRMM
(Schumacher and Houze JR 2003; Schumacher et al. 2004; Huffman et al. 2007). Although the ERA-interim product is re-analysis data, it is considered as an “observational”
product since ERA-interim is a blended product of observations assimilated into model
simulations to obtain a physically consistent dataset.
In the study, we also use several GCMs equipped with water isotope modules submitted
to the SWING2 database. These models are ECHAM4, ECHAM5, LMDZ5A, LMDZ5B,
IsoGSM, MUGCM, GissE, CAM2, HadAM, and MIROC. We use the model outputs without applying collocation and convolution methods with the TES dataset. The analysis
results of convective mixing from the CMIP3 and CMIP5 GCMs are also presented for
comparison with models from the SWING2 database. The ECS values of SWING2 models
are taken from the parent GCMs submitted to CMIP project (i.e., LMDZ5A uses ECS
value from IPSL-CM5A).

6.3
6.3.1

Results

Small-scale mixing and the equilibrium climate sensitivity from the
SWING2 models
Using the full ensemble of CMIP5 climate models, the Sherwood et al. (2014) showed that
the index S was quite well correlated to the models climate sensitivity. Here it is checked
whether the subset of isotope physics enabled models (at least) fits into the general
behavior of the full set, i.e., more intense mixing corresponds to higher ECS values.
In Figure 6.1, S is correlated with the models ECS values using the full set of CMIP5
models and the SWING2 model subset. The ECS values of MUGCM, HadAM, and IsoGSM
are then interpolated from the correlation line because ECS values are not available from
these parent models. The S index computed from TES data is situated within the ERA108

Figure 6.1 Correlation of S and ECS from the CMIP models, the SWING2 models, and
the observations. The solid line is the correlation line for all models including SWING2
models and the dash line is the correlation line for the subset of SWING2 models. ECS
values for IsoGSM, HadAM and MUGCM are interpolated from the correlation line (plotted
on the right figure).

interim ECMWF and the Modern Era Retrospective-Analysis for Research and Applications
(MERRA) satellite observation range, with value closer to MERRA than ERA values. The
ECHAM4 and GissE models underestimate the S index compared to observations and the
S index calculated by MIROC is slightly higher than MERRA. In general, the isotopeenabled models are consistent with the results from the CMIP models (R = 0.46) and
also within the subset of isotope-enabled models itself (R = 0.44).
6.3.2 Relation of convection to S and water vapor isotopic gradient
Small-scale lower tropospheric mixing comprises the mixing mechanism between the boundary layer (approximately < 2 km) and the free troposphere, where convection, subsidence,
and rain evaporation play a role (Sherwood et al. 2014). Here, it is tested whether S
is indeed associated to convective activity. Fig 6.2a shows the spatial correlation of S
and the amount of convective precipitation over the WPWP region from ECHAM and
ECMWF. From both datasets, one can infer that stronger S values are related to more
convective precipitation (R values of 0.76 and 0.47 for ECHAM and ECMWF, respec109

Figure 6.2 Spatial correlation of S and convective precipitation from ECHAM and
ECMWF (a); correlation of convective precipitation and WV isotopic gradient (∆δD) from
observations year 2004-2011 and the ECHAM model (b). For observations, TES ∆δD is
used.

tively). However the relation is quite noisy for the ERA-interim data and seems quite
non-linear for the ECHAM climate model data. Such an analysis however does not allow
to disentangle cause and effect. It is not clear whether larger S and therefore smoother
humidity and steeper temperature gradients (see Eq. 6.1) trigger convective activity or if
the latter produces steeper S gradients. ECHAM results show in particular much higher
precipitation rates than ECMWF re-analysis data. However regional differences between
re-analysis and model precipitation by a factor of more than 2 are often reported (Dai
2006). The simulated range (ECHAM4: 50-300 mm/month) of precipitation amount is
about twice as large as the observed range (TRMM and ECMWF: 50-180 mm/month).
The ECMWF re-analysis precipitation data agree well with TRMM observation, thus it
gives confidence to ECMWF product.
Figure 6.2b investigates the impact of convection on the gradient (between 850 and
700 hPa) of water isotopologues in vapor (∆δD). It is known that the intensity of convection and convective precipitation amount has a local impact on the isotopic composition of
precipitation via the isotope amount effect (Dansgaard 1964; Risi et al. 2008). However,
the vertical gradient of δD is influenced by many factors and a priori assumptions. It is not
clear if the gradient steepens or flattens during convectively active phases. The ECHAM
model and the TRMM observation show similar negative correlation between ∆δD and
convective precipitation (TRMM uses δD from TES), with R values of -0.42 and -0.45
for ECHAM and TRMM, respectively. Apparently convective updrafts and convective
mixing transport isotopically enriched WV from lower atmospheric layers near the ocean
surface to higher altitudes (Gedzelman and Arnold 1994; Kurita et al. 2011; Sutanto et al.,
submitted to JGR Atmosphere). ECMWF re-analysis precipitation data are even better
correlated with the observed (i.e., TES) isotope gradient (R = -0.72) than ECHAM and
TRMM.
There is a spatial linear relation between the small-scale mixing index (S), convective
intensity (i.e., convective precipitation), and the δD gradient in water vapor, at least in
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Figure 6.3 Spatial correlation of S and ∆δD from isotope-enabled GCMs and TES (a);
spatial correlation of S and convective precipitation from ECHAM, LMDZ5A and LMDZ5B
(b).

the ECHAM model. Combining different observational and re-analysis datasets (TRMM,
ECMWF) confirms this relationship. However, the robustness and the quantitative spread
verification of these correlations among the available SWING2 models need to be carried
out.
Figure 6.3a shows all correlations between S and ∆δD, and between S and convective
precipitation, from the ensemble of the SWING2 models and the TES observations. In
general it confirms the hypothesis that S and ∆δD relate to each other as expected.
ECHAM4, GissE, MUGCM, LMDZ5A, ECHAM5, CAM2, HadAM, and MIROC simulate negative correlations, though the correlation is often quite small. Only ECHAM4,
LMDZ5A, and HadAM produce relatively steep slopes (Table. 6.1) though these three
models clearly underestimate the correlation coefficients and slopes compared to the TES
data (R = -0.73 and δD slope = -91.79).
Figure 6.3b confirms that the spatial relation between the small scale mixing, S, and
convection is relatively similar among different models. Convective precipitation is only
available from three of the SWING2 models (LMDZ5A, LMDZ5B, and ECHAM4).
6.3.3 Intermodel comparison of simulated S, ECS, and ∆δD
In section 6.3.2 the study hypothesis that small-scale mixing (S), convection, and ∆δD are
spatially related was confirmed. Areas with strong mixing tend to be marked by strong
convective activity and finally by a reduced isotopologue gradient. However, the final
aim of this analysis is a model intercomparison, which will relate a directly observable
feature, the δD gradient averaged over a significant area, to the models ECS values. Are
models with relatively low δD gradients indeed characterized by a comparably intense
mixing (S) and by relatively large ECS values? The step between S and ECS was already
demonstrated in Sherwood et al. (2014).
Figure 6.4a shows that there is in fact no correlation between regionally averaged S
and ∆δD. Here the model results are averaged over the WPWP region (75-165 ◦ E and
10 ◦ N-10 ◦ S) similar to Sherwood et al. (2014). However, the respective averaging region
111

Table 6.1 Correlation slopes of S and ∆δD from models and TES, and the correlation
coefficient.
Models

Slope δD

Correlation (R)

ECHAM4
GissE
MUGCM
IsoGSM
LMDZ5A
LMDZ5B
ECHAM5
CAM2
HadAM
MIROC
TES

-53.65
-11.21
-4.88
14.93
-70.68
6.73
-24.23
-13.63
-68.83
-18.87
-91.79

-0.443
-0.16
-0.131
0.115
-0.425
0.066
-0.337
-0.043
-0.537
-0.497
-0.725

Figure 6.4 Correlation of S and ∆δD (a) and correlation of ECS and ∆δD (b) from the
SWING2 models.

is modified without any impact on the relation between S and ∆δD. The model spread
is in general around 30-40 h for the averaged ∆δD values and around 0.22-0.48 for S
values. Again, all models underestimate the ∆δD value compared to TES, except the
IsoGSM model.
Although there is no correlation between S and ∆δD, a very weak (not significant)
negative correlation between ECS and ∆δD with an R value of -0.149 was found (Fig.
6.4b). In the following, the discussion on the possible causes of the failed relation between
∆δD on one hand and model quantities such as convective mixing (S) and the models
climate sensitivity on the other hand is presented.
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6.4

Discussion and conclusions

This study has evaluated the relation between small-scale mixing, tropical convection
and the δD gradient from several isotope-enabled GCMs, which are participating in the
SWING2 project. On the observational side, the same relationships using the TES satellite
data were analyzed.
The subset of the CMIP5 models used here represents a subset of the models used
in Sherwood et al. (2014). Those SWING2 isotope-enabled models, which have an intense/less intense convective mixing S, are also marked by relatively high/low ECS. The
results here added with the TES data as another observational point to relatively high
ECS values of about +3.3 ◦ C (see Fig. 6.1). However it must be noted that in Sherwood
et al. (2014) a strong relation between mixing quantities and ECS was only evaluated
when using a combined mixing index of small-scale (S) and large-scale mixing (D). Still
it seems that TES results rather bolster conclusions pointing to intense mixing models as
more reliable (Fasullo and Trenberth 2012; Su et al. 2014).
It is therefore a valid next step to test if this mixing and the associated convective
activity affect the vertical gradient of the isotopic composition of water vapor. In fact this
study was able to confirm that spatially the assumption is true: regions with intense mixing
and strong convection are marked by a more uniform isotopologue profile. This holds also
for the TES observational data, which even shows the highest correlation between S
and ∆δD. However, when we compare the different models with each other, the relation
between the water isotopologues and convective mixing or ECS falls apart. What are the
probable causes for this non-existing relation?
The modeled δD gradient are controlled by many more factors and processes than just
the small-scale convective mixing. First, there is the actual fractionation physics, which
is implemented in a similar but not exactly the same way in the different models. For
example, a potentially important parameterization implemented in most climate models
with considerably uncertain parameters is evaporation of raindrops below the cloud base
and its isotopic equilibration with the surrounding vapor. The effectiveness of the isotopic
exchange between raindrops and vapor depends on the fall velocity and thus on the size of
raindrops. A full mechanistic description of this process is not available but will certainly
involve knowledge of the drop size spectrum (Stewart 1975). Since convective rain is
formed typically by larger raindrops than rain formed in stratiform cloud bands, most
models decided on an ad hoc value which fraction of the falling raindrops equilibrates
with the surrounding water vapor, approximately 90 % for stratiform rain and 50 % for
convective rain. Sutanto et al. (submitted to JGR Atmosphere) argued that this process
in fact affects the isotopic composition of vapor in the lowest layers of the troposphere in
model and is partly responsible for the isotopic variations observed and simulated during El
Niño events. It is therefore possible that the choice of the fractional equilibration (i.e., 50
% for convective rain or 90 % for stratiform rain) has some influence on the isotopologue
gradient. Several other model properties probably have also significant influence on the
water isotopologues and perturb the influence of convective mixing such as the typical
cloud height, cloud types or the models lapse rate. All these processes have an influence on
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Figure 6.5 Correlation of S and residual (a) and of ECS and residual (b) from the SWING2
models. The correlation coefficients were derived from 7 models, excluding LMDZ5A and
IsoGSM models.

the δD gradient. It would need very extensive sensitivity studies to evaluate the influence
of each factor and to estimate their interdependencies.
Since the differences of the simulated δD gradients seem to be deeply buried in the
models physics and parameter choices, this study tried a very simple approach to isolate the
part that is affected by convective mixing. The linear regression of the different simulated
gradients (∆δD) towards the isotopic composition of precipitation over the respective area
was computed (δDP ). Isotopic composition of precipitation is probably much more directly
influenced by cloud height, cloud temperatures or below cloud equilibration processes than
the isotopologue gradient. The difference between ∆δD and the regression line is called
residual. By computing the residual of this regression (R = 0.97, figure is not shown),
this study tried to subtract efficiently part of those processes, which largely control the δD
gradients in different models and keep the influence of convective mixing. Obviously such
an approach cannot be perfect. Even if δDP may be more influenced by cloud temperatures
than the isotopologue gradient, the latter is not independent of these temperatures.
The residual of this calculation is shown in Fig 6.5a and b as function of the convective
mixing and ECS, respectively. Both correlations are now clearly improved compared to
Fig 6.4a and b. Convective mixing was not related at all to ∆δD (Fig. 6.4a) and shows
now, after correction by δDP , a correlation of R = -0.54. There are two large model
outliers (IsoGSM and LMDZ5A), which are excluded in the residual analysis. The number
of model simulations used is obviously not sufficient to come to a robust conclusion.
However, at least the relation between residual ∆δD and S is now as expected: models
with a more intense mixing tend to have less steep δD gradients. The same is true for
the relation of ∆δD to the models climate sensitivity. The relation changed by computing
the residual from R = -0.15 (Fig. 6.4b) to R = -0.76 (Fig 6.5b). Models with less steep
δD gradients (Residual ∆δD) are characterized by higher climate sensitivity (ECS).
It is clear that this analysis is preliminary in many senses. The statistics of only
7 isotope-enabled models is poor and not conclusive (note: there is no δDP result for
HadAM submitted to SWING2). Still, the subtraction of a part of the variability due
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to the isotopic precipitation computed by each model seemed promising to eliminate the
disturbing factors such as cloud physics and temperatures, which vary from each model
to the other. The resulting residual correlation may depend less on the diverging model
physics and depend more just on the models mixing processes. Model sensitivity studies
could certainly help to clarify this point and to improve the respective statistics.
This study has shown that there is an interesting potential in studying the vertical
distribution of δD in the troposphere. Though the latest version of the TES dataset
(version 5) has clearly improved and provides reasonable values of the water isotopologues
in lower tropospheric layers (Sutanto et al. 2015), the uncertainties are still too large to
constrain quantitatively the different climate models. The use of the water isotopologues
within GCMs has slowly and steadily increased over the last decades and the need for more
precise data is increasing as well. The mixing between isotopically enriched water vapor
from near-surface layers with water vapor at higher altitudes will isotopically enrich the
water vapor at higher altitudes. It was speculated that the water isotopologue information
at high altitudes could effectively constrain moistening processes at tropopause layers and
even in the stratosphere (Smith et al. 2006; Moyer et al. 1996; Zhao 2014). However, a
very important application may be to study the moistening and drying mechanisms in the
planetary boundary layer and the concurring mixing processes with the free troposphere.
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7

General conclusions and outlook
“In literature and in life we ultimately pursue, not conclusions, but beginnings”
Sam Tanenhaus

7.1

General conclusions

The transport of water vapor through the atmosphere plays a major role in the hydrological cycle and it is strongly coupled to phase changes associated with evaporation and
condensation processes. Isotope fractionation associated with these phase-changes leaves
a characteristic imprint on the isotopic composition of rainwater and the corresponding
water vapor, which facilitates the use of water isotopologues as valuable tracers. The
recent development of fast and robust optical in-situ measurement methods for water
vapor isotopologues offers the possibility to study the isotope effects in the hydrological
cycle in more detail. In addition, global-scale datasets of the isotopic composition (primarily δD) of atmospheric water vapor have become available from different remote-sensing
instruments.
This study used global-scale measurement of δD from satellite-borne instruments and
isotope-enabled general circulation models to gain new insight into the hydrological cycle,
focusing on atmospheric processes and the land-surface interaction. Various important
processes in the water cycle have been studied, namely the partitioning of the total landsurface flux into evaporation and transpiration using the associated isotope effects, the
representation of global-scale isotope effects in datasets available from satellites and models, the relation between drought and water isotopologues associated with ENSO variability, the underlying atmospheric processes contributing to the isotope amount effect during
ENSO, and the possibility to use vertical isotopic gradients to identify and quantify lower
tropospheric mixing and its relation to climate sensitivity.
In the following, the main results from the individual chapters of the thesis are summarized related to the research questions that were posted in chapter 1 of the thesis.
• How accurate is the isotope-based approach to determine the contribution of
transpiration to total evaporation (Chapter 2)?
There are a variety of methods to disentangle the evaporative flux over continental
surfaces into a transpirative part and evaporation from bare soils, open liquid water, and
snow covered surfaces. Although every method has its limitations and uncertainties, a
number of comparison studies using the isotope-based method and hydrometric measurements using the same plants and under the same climatic conditions are consistent within
the errors. The transpiration from vegetation clearly dominates over most surface types
and in most climates (> 70 % during summer).
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• How good are the satellite data and an isotope-enabled global circulation
model in representing the first-order isotope effects on the global scale (Chapter 3)?
A comparison between model and satellites shows that the model reproduces geographical variability of δD in the tropics quite well although the sub-tropical δD maximum
in the ECHAM model is significantly wider than for SCIAMACHY and TES V5. A number
of established isotopologue effects as well as the movement of ITCZ are observed in the
TES V5 product, SCIAMACHY and the ECHAM model, which confirms the improvement
of TES V5 product over TES V4. A humidity bias correction and a posteriori analyses
can be used to avoid the mid troposphere humidity bias that can arise when the satellites
averaging kernels are applied to the model results.
• Are changes in the isotopic composition of water useful climatic indicators for
drought and flooding events (Chapter 4)?
The magnitudes of drought and flooding analyzed using two drought indices correlate
well with variations in the isotopic composition of water vapor over Indonesia. δD is
a good climatic indicator for drought and flooding events and it outperforms the Niño3 index. This finding has potential impact for the future use of water isotopologues as
climate proxy in the region and as an independent climate indicator for this type of climatic
extreme events.
• What atmospheric processes control the isotopic composition of water vapor
in the lower and middle troposphere during ENSO events in the Central and
West Pacific regions (Chapter 5)?
A three-dimensional large-scale pattern in in δD of water vapor was identified that
extends throughout the tropical Pacific. The near-surface pattern corresponds to what
is expected from the isotope amount effect: humid/dry conditions during ENSO events
are associated with isotopically depleted/enriched precipitation and water vapor. Interestingly, an associated inverse pattern is observed in the mid-troposphere, both in the
satellite observations and in the model results. Several mechanisms are suggested to explain this correlation/anti-correlation pattern: re-evaporation and isotopic equilibration of
falling raindrops, uplift and more intense vertical mixing in convectively active regions are
qualitatively in agreement with the δD patterns. Independent observations also confirm
that these mechanisms vary as suggested over an ENSO cycle.
• Does the strength of lower tropospheric mixing and climate sensitivity leave
an imprint in isotopic composition of water vapor (Chapter 6)?
Lower tropospheric mixing has been suggested as an important factor for determining
equilibrium climate sensitivity in GCMs. It was investigated whether the strength of
lower tropospheric mixing leaves an imprint in observed and modeled δD gradients using
an ensemble of 10 different isotope-enabled GCMs. There is no clear correlation found
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between models with more or less vertical mixing in the tropics and models with more
or less steep δD gradients unless the possible processes that control the isotopic gradient
are substracted via δDP . A possible reason for the lack of such a straightforward relation
might be that the different “isotope” GCMs vary too much in the parameterization of
important of hydrological processes and even in the parameterization of the water isotope
fractionation processes themselves. Therefore the simulated gradients in the atmosphere
potentially are controlled by more model-dependent processes than vertical mixing.

7.2

Outlook

The availability of global-scale isotopologue measurements of atmospheric water vapor
from satellite-borne optical instruments opens many opportunities to study various aspects
of the hydrological cycle. This study has shown some of the great opportunities, but also
some of the pitfalls in the application of such datasets. A promising development is the
well-documented improvement of the TES V5 sensitivity compared to the previous version
4 dataset, which allows TES to capture important seasonally varying climate modes that
control the hydrologic cycle in the tropics. Together with the isotope-enabled GCMs, this
new dataset opens further opportunities to study other aspects of the water cycle in detail.
One important future application can be the assessment of the land-surface model
parameterizations. Such models tend to produce a lower transpiration fraction compared
to the isotope-based method and hydrometric measurements. An isotope-enabled landsurface modeling study opens an opportunity for the evaluation of the parameterization of
land-surface models, by comparing the computed water isotopologue signals in the lower
troposphere with remote sensing dataset or in-situ measurements. Future studies should
perform this evaluation in order to provide a better understanding of the hydrological cycle
in vegetated regions.
A second promising aspect that was highlighted in Chapter 5 is the evaluation of
the (dis-) equilibrium between rain droplets and surrounding vapor for convective and
stratiform precipitation. A mechanistic representation of isotopic equilibrium processes
for falling raindrops needs a realistic representation of raindrop size spectra in climate
models, something which is not yet available. Also, additional laboratory experiments on
evaporation of raindrops into a relatively humid atmosphere below clouds are needed.
The work presented in chapter 6 is just the beginning of a thorough investigation
of the use of isotopes to investigate mixing processes between the boundary layer and
the free troposphere. Although the first result is negative, this should be investigated in
more detail. The most challenging requirement to investigate the mixing processes is the
vertical resolution of the observations. The satellite observations must provide isotope
information in several vertical layers with high sensitivity near to the surface (e.g., TES
version 5). SCIAMACHY and GOSAT, for examples, cannot be used to investigate the
mixing processes in the lower troposphere since they measure total column δD.
It is now generally believed that the key processes controlling the spread in simulated
climate sensitivity of the existing climate models are situated in the tropics/subtropics and
are linked principally to feedbacks related to uncertainties in the distribution of middle
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and lower tropospheric cloud processes and their coupling to the atmospheric dynamics as
represented by the different models (Sherwood et al. 2014). Though low-level clouds cause
an important feedback in the models, only some models in the CMIP3 and CMIP5 database
simulate the observed decrease of low cloud cover as a result of warmer temperature, which
indicate a positive feedback (Clement et al. 2009; Zelinka et al. 2013). In addition, a dry
bias in the boundary layer and a large moist bias in the free troposphere are commonly
found in the models, which have a great impact on the (mis-) interpretation of the
strength of water vapor feedback mechanisms (Pierce et al. 2006; John and Soden 2007).
Upward moisture transport by shallow cumulus clouds, subsidence, and evaporating rainfall
contribute to lower tropospheric mixing and vary depending on the cloud parameterizations
in the models. The TES V5 HDO profile measurements, which can now distinguish water
isotopologue distributions from the middle and lower troposphere, provide potentially a
powerful tool to study how mixing between and within atmospheric layers control cloud
distributions.
Characterizing lower tropospheric mixing and its effect on cloud distribution in GCMs
therefore are of critical importance for more confident future climate projections. Model
sensitivity studies with different physical parameterizations and the uses of CFMIP (Cloud
Feedback Model Intercomparison project) Observation Simulator Package (COSP; BodasSalcedo et al. 2011) provide a prospect for new techniques to parameterize cloud processes
such as cloud entrainment, condensation and re-evaporation. The COSP simulator is a
module that enables us to compare the model-simulated clouds with observed cloud data
from satellites (CloudSat/CALIPSO). This simulator can be adapted to many types of
GCMs. The proper use of isotope data and other observation datasets might offer a
unique opportunity to model development in a way that leads to more reliable future
climate projections.
In this study, all analyses have been carried out using monthly average satellite data.
Next year, the new TROPOspheric Monitoring Instrument (TROPOMI) will be launched
on the ESA/GMES (European Space Agency/Global Monitoring for Environment and
Security) Sentinel 5 Precursor mission. TROPOMI will be able to measure total column
HHO and HDO at greatly improved precision and temporal and spatial resolution compared
to SCIAMACHY. The spatial resolution is 7 by 7 km, far better than SCIAMACHY, which
has spatial resolution of 120 by 30 km. TROPOMI will measure the water isotopologues
in every second as the satellite moves. These configurations allow TROPOMI sampling
the water isotopologues in high resolutions and also offer an opportunity to study the
hydrologic cycle in high spatial and temporal resolution.
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and Co-authors (1990), Intercomparison and interpretation of climate feedback processes
in 19 Atmospheric General Circulation Models. J. Geophys. Res. 95, 16601–16615.
Choudhury, B. and N. DiGirolamo (1998), A biophysical process-based estimate of global
land surface evaporation using satellite and ancillary data I. model description and comparison
with observations. J. Hydrol. 205, 164–185.
Clark, I. and P. Fritz (1997), Environmental isotopes in hydrogeology. Boca Raton, Florida:
CRC Press.
Clement, A. C., R. Burgman and J. R. Norris (2009), Observational and model evidence
for positive low-level cloud feedback. Science 325, 460–464.
Coenders-Gerrits, A. M. J., R. J. van der Ent, T. A. Bogaard, L. WangErlandsson, M. Hrachowitz and H. H. G. Savenije (2014), Uncertainties in transpiration estimates, brief communications arising. Nature 506, E1–E2.
Collins, W. D., P. J. Rasch, B. A. Boville, J. J. Hack, J. R. McCaa, D. L.
Williamson and B. P. Briegleb (2006), The formulation and atmospheric simulation of
the Community Atmosphere Model version 3 (CAM3). J. Clim. 19, 2144–2161.

122

Conroy, J. L., K. M. Cobb and D. Noone (2013), Comparison of precipitation isotope
variability across the tropical Pacific in observations and SWING2 model simulations. J.
Geophys. Res.-Atmos. 118, 5867–5892.
Covey, C., K. M. AchutaRao, U. Cubasch, P. Jones, S. J. Lambert, M. E. Mann,
T. J. Philips and K. E. Taylor (2003), An overview of results from Coupled Model
Intercomparison Project. Glob. Plan. Chang. 37, 103–133.
Craig, H. (1961), Isotopic variations in meteoric waters. Science 133, 1702–1703.
Craig, H. and L. I. Gordon (1965), Deuterium and oxygen-18 variations in the ocean and
the marine atmosphere. In: T. E, ed., Proceedings of the conference on stable isotopes in
oceanographic studies and paleotemperatures, Laboratory of Geology and Nuclear Science
Pisa, 9–130.
Cuntz, M., J. Ogée, G. D. Farquhar, P. Peylin and L. A. Cernusak (2007), Modelling advection and diffusion of water isotopologues in leaves. Plant Cell Environ. 30, 829–
909.
Curtis, S. and R. Adler (2000), ENSO indices based on pattern of satellite-derived precipitation. J. Clim. 13, 2786–2793.
Dai, A. (2006), Precipitation characteristics in eighteen coupled climate models. J. Clim. 19,
4605–4630.
Dai, A. and T. M. L. Wigley (2000), Global patterns of ENSO-induced precipitation.
Geophys. Res. Let. 27, 1283–1286.
Dansgaard, W. (1964), Stable isotopes in precipitation. Tellus 16, 436–468.
Dawson, T. E. and R. Ehleringer (1998), Plants, isotopes and water use: A catchmentscale perspective. In: C. Kendall and J. J. McDonnell, eds., Isotope tracers in catchment
hydrology, Amsterdam: Elsevier.
Dee, D. P., S. M. Uppala, A. J. Simmons, P. Berrisford, P. Poli and Co-authors
(2011), The ERA-interim reanalysis: configuration and performance of the data assimilation
system. Q. J. R. Meteorol. Soc. 137, 553–597.
Dirmeyer, P. A. and K. L. Brubaker (2007), Characterization of the global hydrologic
cycle from a back-trajectory analysis of atmospheric water vapor. J. Hydrometeorol. 8, 20–37.
Dirmeyer, P. A., X. Gao, M. Zha, Z. Guo, T. Oki and N. Hanasaki (2006), GSWP-2:
Multimodel analysis and implications for our perception of the land surface. B. Am. Meteorol.
Soc. 87, 1381–1397.
Dongmann, G., H. W. Nurnberg, H. Forstel and K. Wagener (1974), On the enrichment of H2 18 O in leaves of transpiring plants. Radiat. Environ. Bioph. 11, 41–52.
Dufresne, J.-L. and S. Bony (2008), An assessment of the primary sources of spread of
global warming estimates from coupled atmosphere-ocean models. J. Clim. 21, 5135–5144.

123

Ehhalt, D. H., U. Schmidt and L. E. Heidt (1977), Vertical profiles of molecular hydrogen
in the troposphere and stratosphere. J. Geophys. Res. 82.
Ehhalt, D. H., J. A. Davidson, C. A. Cantrell, I. Friedman and S. Tyler (1989),
The kinetic isotope effect in the reaction of H2 with OH. J. Geophys. Res. 94, 9831–9836.
Ehleringer, J. R. and T. E. Dawson (1992), Water uptake by plants: perspectives from
stable isotope composition. Plant Cell Environ. 15, 1073–1082.
Farquhar, G. D. and L. A. Cernusak (2005), On the isotopic composition of leaf water
in the non-steady state. Funct. Plant Biol. 32, 293–303.
Fasullo, J. T. and K. E. Trenberth (2012), A less cloudy future: The role of subtropical
subsidence in climate sensitivity. Science 338, 792–794.
Ferretti, D. F., E. Pendall, J. A. Morgan, J. A. Nelson, D. LeCain and A. R.
Mosier (2003), Partitioning evapotranspiration fluxes from a Colorado grassland using stable
isotopes: Seasonal variations and ecosystem implications of elevated atmospheric CO2 . Plant
Soil 254, 291–303.
Field, R. D. (2010), Observed and modeled controls on precipitation δ 18 O over Europe: from
local temperature to the Northern Annular Mode. J. Geophys. Res. 115.
Fischer, M. J. and K. Sturm (2006), Remoiso forcing for the iPILPS phase 1 experiments
and the performance of REMOiso in three domains. Global Planet. Change 51, 73–89.
Flanagan, L. B., J. P. Comstock and J. R. Ehlinger (1991), Comparison of modeled
and observed environmental influences of the stable oxygen and hydrogen isotope composition
of leaf water in phaseolus vulgaris l. Plant Physiol. 96, 588–596.
Frankenberg, C., K. Yoshimura, T. Warneke, I. Aben, A. Butz, N. Deutscher,
D. Griffith, F. Hase, J. Notholt, M. Schneider, H. Schrijver and
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