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Chapter 1 

General Introd uction 

The Earth is a complex body that is continuously being reshaped by both transient 

and long-duration forces. For example, while earthquakes and vulcanism occur 

on short-time scales, tectonic plates are in continuous motion, and their evolution 

and deformation occur over geological time scales. However, the processes that 

continue to affect the Earth's outer shell or lithosphere and the underlying upper 

mantle are partially masked at the Earth's surface. For example, whereas a first 

order feature of ocean bathimetry -the existence of deep oceanic trenches- might 

be inferred as evidence of a subduction zone, the geometry of the slab subducted 

there remains largely unknown from surface data. Likewise, geologic investigations 

in, for example, orogenic belts primarily shed light on the shallow expression of 

deformational processes. Studies of rocks now exposed at the surface but deformed 

at depth in the lithosphere may also offer insight into deep processes. However, in 

both these examples, the processes inferred from these rocks oCUlTed in the past 

and at depth, and their relationship to present crustal observations and phenomena 

is often uncertain. 

Thus, in order to fully understand the dynamics of the lithosphere and upper 

mantle we require knowledge regarding the present-day structure at depth - below 

the easily accessible surface. 

1.1 The role of Seismology 

Throughout this century, seismology has proved an indispensable tool with which 

to interrogate the structure of the Earth's interior. Seismic waves carry information 

about the elastic properties of the earth material along the path of propagation, 

1 



2 Chapter 1 

glvlllg constraints on the composition, thermal distribution and dynamics of the 

Earth. Radially symmetric models are a first order approximation of the structure 

and physical state of the complex Earth's interior. However, in order to understand 

the dynamic processes occurring in the Earth, attention is currently being focused 

on mapping lateral velocity variations at different scale lengths. Especially in the 

upper mantle, strong lateral heterogeneity plays an important role in convection 

processes which are believed to be intrinsically related to the plate tectonics active 

at the surface. 

As a result of the spectacular increase of high-quality digital data, and of the 

effort to improve existing methods and develop new techniques to interpret these 

data, our understanding of the complex heterogeneous structure of the upper man

tle has improved considerably in recent years. Yet, despite all these efforts many 

questions remain unanswered. For example, where is the source region of the mantle 

seismic anisotropy observed in the continents? Is it located in the lithosphere or 

in the asthenosphere? Is this anisotropy related to ancient deformation or does it 

reflect present-day flow in the mantle? Another aspect to be resolved concerns the 

problem of how seismic velocity structure mapped at depth in the lithosphere and 

upper mantle can be related to features observed at the surface. It is important 

to remark that the lateral resolution allowed by the data plays an important role 

in the interpretation of velocity models. A classical question refers to surface wave 

propagation in the upper mantle: can we use the great circle approximation in dis

persion analysis of surface waves? Or do we need to take into account scattering 

and multipathing effects in order to interpret the data correctly? We know that 

from the slowness and azimuth of direct surface waves and surface wave coda at 

an array of stations, information on the velocity contrast along their path can be 

retrieved. However, is it also possible to use this data to constrain the width of, 

for example, a suture zone as a function of depth? All these unanswered questions 

represent an impetus for new investigations. 

1.2 Goal of this study 

The work described in this thesis is aimed at improving the knowledge of the upper 

mantle structure beneath specific regions of the Earth. In addition, it seeks to con

tribute to better understanding of surface wave propagation and to test assumptions 

generally made in surface wave studies which have implications for the interpretation 
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of upper mantle velocity models. In this context, four different aspects of seismo

logical research have been addressed in this thesis. A point in common between 

these four different studies is that each of them employs seismological broadband 

data (either body waves, surface waves and/or surface wave coda) recorded at a 

regional array of stations, or at stations well distributed across the region of study. 

Broadband seismic sensors have a larger dynamic range and allow the retrieval of 

more waveform information than short-period or long-period instruments. In this 

way, broadband data can reveal detailed information of the complex upper mantle 

structure, and can be used to study some aspects of surface wave propagation in 

the upper mantle. For each study, the size of the array or the spatial distribution 

of stations has been chosen depending on the type of information to be extracted 

from the data. 

1.3 Outline and summary of the thesis 

This thesis has been structured so that each chapter can be read independently, 

since each discusses a different approach to the study of the upper mantle structure. 

An outline and summary of the contents of each chapter is presented below. 

Chapter 2 addresses the phenomenon of seismic anisotropy in the subcontinental 

upper mantle. In seismological studies it has often been assumed that the Earth is an 

isotropic body on a scale of seismic wavelengths. Nevertheless, in the last few years 

it has been shown that preferred orientation of anisotropic material occurs over large 

volumes when upper mantle rocks are plastically deformed by dynamical processes 

currently or historically active. This relationship between seismic anisotropy and 

strain suggests that the study of this phenomenon promises to be a powerful method 

to obtain information not only about upper mantle structure but also about tectonic 

deformation and dynamic processes occurring in the subcontinental upper mantle. 

During recent years, shear-wave splitting has become to be viewed as the most 

direct diagnostic of azimuthal anisotropy. The magnitude of the splitting delay 

times can often rule out a crustal source of anisotropy; however, it is not yet clear 

whether the source of anisotropy lies within the lithosphere or the sublithosphere. It 

is essential to know the scale of lateral variations and the distribution of anisotropy 

with depth in order to understand the origin of this phenomenon. In Chapter 2 

we describe a way to constrain the depth of anisotropy by studying the lateral 

variation of the splitting parameters at neighbouring seismic stations. We use Sf{S 
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and SJ{J{S phases recorded at the NARS- NL array, a relatively dense network of 

broadband stations separated by about 50 km. Fresnel zones at different depths 

are calculated for these phases. The depth of the anisotropy is constrained by the 

criterion that Fresnel zones corresponding to different splitting observations should 

not overlap. Variability in the splitting measurements for events with different 

directions of approach recorded at one station, and for single events recorded at 

various stations, provides evidence for a non-homogeneously distributed source of 

anisotropy, located below the array at different depths. We show that this variability 

in the measurements cannot be due to effects of crustal scattering. Our results 

suggest that substantial anisotropy is located in the sublithospheric mantle at about 

400 km depth, from which we infer that deformation in this region is subject to 

significant lateral variation. 

In Chapter 3, we present a three-dimensional shear-wave velocity model of North 

and Central America obtained from waveform inversion of surface waves. With a 

lateral resolution of the order of 500 km, this shear-wave velocity model fills the gap 

between large-scale models and regional models that map relatively small areas in 

the United States. Waveform modelling has become one of the most powerful tools 

to improve existing Earth structure models. Basically, it consists of an iterative 

process that minimizes the difference between observed and synthetic seismograms, 

by adjusting the Earth model used to calculate the synthetics. In this work, we use 

a two-step waveform inversion technique based on a linear surface wave scattering 
theory, which gives tomographic images of the relative phase velocity perturbations 

in four period bands ranging from 40 to 150 s. The scattering theory takes into 

account the distortion of the direct wave due to either ray geometrical effects or to 

multipathing effects that are not taken into account by the ray theory. However, this 

linear approximation is only valid if the initial model is close enough to the solution. 

For this reason, a non-linear inversion based on ray theory is first performed in order 

to find a smooth reference model. After correcting for the crustal thickness, the 

phase velocity perturbations obtained from the subsequent linear waveform inversion 

for the different period bands are converted to a three-layer model of S-velocity 

perturbations (layer 1: 25-100 km; layer 2: 100-200 km; layer 3: 200-300 km). 

This method has been applied on 275 high-quality Rayleigh waves recorded by 

a variety of instruments in North America (IRIS/USGS, IRIS/IDA, TERRAscope, 

RSTN). The most obvious feature in the tomographic images is the rapid transition 

between low velocities in the tectonically active region west of the Rocky Mountains, 
and high velocities in the stable central and eastern shield of North America. The 
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model also reveals smaller-scale velocity heterogeneity. A high-velocity anomaly is 

imaged beneath the state of Washington that could be explained as the subducting 

Juan de Fuca plate beneath the Cascades. A large low-velocity structure extends 

along the coast from the Mendocino to the Rivera triple junction, and to the conti

nental interior across the southwestern United States and northwestern Mexico. Its 

shape changes notably with depth. This anomaly largely coincides with the part 

of the margin where no lithosphere is consumed since the subduction has been re

placed by a transform fault. Evidence for a discontinuous subduction of the Cocos 

plate along the Middle American Trench is found. In central Mexico, a transition 

is visible from low velocities across the Trans-Mexican Volcanic Belt (TMVB) to 

high velocities beneath the Yucatan Peninsula. Two elongated low-velocity anoma

lies beneath the Yellowstone Plateau and the eastern Snake River Plain volcanic 

system, and beneath central Mexico and the TMVB seem to be associated with 

magmatism and partial melting. Another low-velocity feature is seen at depths of 

approximately 200 km beneath Florida and the Atlantic Coastal Plain. Sensitivity 

tests indicate that the lateral resolution is especially good in the densely sampled 

western continental U.S., Mexico and the Gulf of Mexico. 

Chapter 4 is devoted to the study of surface wave propagation in the upper 

mantle. In particular, the validity of the great circle approximation in dispersion 

analysis of surface waves is questioned. One of the classical approaches in both 

regional and global seismology is to extract group and phase velocities from ob

served surface wave dispersion data. From these measurements, information about 

the propagational medium, as for example the S-wave velocity, can be obtained. 

Dispersion measurements are based on the great circle theorem, which states that 

surface waves are only influenced by the integral of the phase or group velocity over 

the source-receiver minor arc. However, the great circle approximation cannot be 

used if lateral heterogeneity along the path of propagation is not smooth on a scale 

of the wavelength. In this case, scattering and multipathing effects may occur and 

should be taken into account by using, for example, a linearized scattering theory 

as described in Chapter 3. 

This problem is approached by developing a new way of reconstructing wave 

fronts. Measured phase and time delays between pairs of stations of an array are 

used to reconstruct wave fronts or surfaces of equal phase. The resulting wave fronts 

are compared with the theoretical wave fronts- e.g. computed assuming that the 

waves have travelled along the great circle path with a constant phase velocity be
neath the array-and the average angle between reconstructed and theoretical wave 
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fronts is calculated. This technique is first applied to fundamental mode Rayleigh 

waves recorded at the NARS stations during the ILIHA (Iberian Lithosphere Het

erogeneity and Anisotropy) project. In a second stage of this research, wave fronts 

are reconstructed on a larger area across Western Europe. Waves travelling mostly 

through a laterally homogeneous oceanic path before arriving at the arrays are anal

ysed for the frequency range of 10 to 65 mHz. These show angles up to 8 degrees 

between the theoretical wave fronts and the wave fronts reconstructed using the 

phase or time delay data. This implies that we make a relative error less than 1% 

when calculating path-averaged phase velocities ignoring the deviation of the arrival 

of the wave from the great circle direction. 

In Chapter 5, a different approach to the study of surface wave propagation 

is discussed. As pointed out in Chapter 4, on a regional scale, surface waves'in 

the upper mantle and crust are often scattered and/or refracted, which results in 

deviations from the great circle azimuth. The slowness and direction of propagation 

of the arriving wave packets contain information about the lateral heterogeneity, 

and can be measured by performing beamforming on the recordings across an array 

of stations. The azimuthal deviation gives a constraint on the transverse velocity 

gradient along the path. In addition, its frequency-dependence gives information on 

the depth-dependence of the heterogeneity. 

We have performed beamforming of fundamental mode Rayleigh waves in the 

period range from 20 to 100 s which travelled from southeast Europe to the NARS

NL array in The Netherlands. This relatively dense network enables a detailed 

study of the effects of heterogeneity on surface wave propagation. The purpose of 

this work is to obtain new information about the velocity structure beneath the 

Tornquist-Teisseyre Zone (TTZ). The TTZ is thought to be a transition between 

higher seismic velocities in the thicker and older Precambrian crust of the East 

European Platform (EEP), and the lower velocities at the thinner and younger 

crust of the Central and West Phanerozoic Europe (Tectonic Europe, TE). However, 

the lateral velocity gradient and the depth extent of this transition are not well 

constrained. We use events located at both sides of the TTZ, and analyse both 

the direct Rayleigh wave and its coda. On the one hand, the deviation of wave 

propagation paths relative to the great circle observed in the direct wave for the 

events on the eastern side of the TTZ confirms earlier results: that is, it gives an 

independent evidence for a thicker crust and up to 10 per cent higher velocities in 

the first 150 km of the upper mantle beneath the EEP than beneath the TE. Such 

a model also explains observed surface head waves refracted along the TTZ. On the 
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other hand, no energy reflected at the TTZ is detected in the coda for the events 

on the western side. From synthetic experiments based on a linearized scattering 

theory we conclude that, from this absence of reflections, no lower bound can be 

imposed on the width of the transition zone across the TTZ at different depths. 

Earthquakes with favourable source mechanisms (e.g. little direct energy compared 

to energy radiated to the reflection point) are needed to observe these reflections at 

different depths, for both a sharp and a smooth transition. 



Chapter 2 

Small-Scale Sublithospheric Continental 

Mantle Deformation: Constraints from SKS 

Splitting Observations 

2.1 Introduction 

It is now accepted that azimuthal anisotropy is a general feature of the upper 

mantle and that it is probably due to strain-induced lattice preferred orientation 

(LPO) of its constituent minerals, in particular the highly anisotropic olivine (Hess, 

1964; Nicolas and Poirier, 1976; McKenzie, 1979; Nicolas and Christensen, 1987; 

Ribe, 1989, 1992; Ribe and Yu, 1991). From this relationship between azimuthal 

anisotropy and strain it is obvious that seismic anisotropy can provide essential in

formation about tectonic deformation and dynamic processes occurring in the upper 

mantle. 

Hess (1964) was the first to study the seismic anisotropy. He used azimuthal 

variations of Pn wave velocities in the oceanic lithosphere from refraction data. More 

recently, long-period surface waves studies led to global patterns of anisotropy in the 

upper mantle (e.g. Forsyth, 1975; Dziewonski and Anderson, 1981; Tanimoto and 

Anderson, 1985; Nata!, Nakanishi and Anderson, 1986; Montagner and T-animoto, 

1990). These studies revealed that below oceans the observed anisotropy may be 

related in simple ways to plate motion processes. Even though this method has a 

good depth resolution, it can not resolve the short horizontal length scales of coher
ent deformation below the continents. An attempt to map the complicated pattern 

of deformation in the continents was implemented with observations of azimuthally 

9 
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varying P-wave traveltimes (e.g. Bamford, 1977). This technique, however, has also 

a limited lateral resolution. Furthermore, it may be difficult to separate effects of 

azimuthal anisotropy from those of lateral heterogeneity in an isotropic medium. 

An alternative way to study the deformation in the continents is the use of shear 

waves. During the last years splitting of shear waves has become the most direct 

indicator of azimuthal anisotropy (Christensen, 1966; Keith and Crampin, 1977; 

Crampin, 1981). When a linearly polarized incident shear wave enters an anisotropic 

region, it splits into two orthogonal pulses that travel with different velocities along 

the same path: the polarization is no longer linear. The fast polarization direction ¢ 
and the delay time 8t between the fast and the slow components provide information 

about the elastic symmetry of the medium and the magnitude of the anisotropy. 

Splitting observations were first used in controlled seismic experiments (Hirn, 1977). 

Mantle anisotropy studies followed in a volcanic area in Japan, with teleseismic S 
waves (Ando, Ishikawa and Wada, 1980; Ando and Ishikawa, 1982; Ando, Ishikawa 

and Yamazaki, 1983) and ScS waves (Fukao, 1984; Ando, 1984). To observe splitting 

properly, shear waves should have a near-vertical path through the mantle, making 

Sand ScS phases more difficult to interpret in studies of inactive continental areas. 

An alternative was proposed by Vinnik et al. (1984), who studied the splitting 

of SKS waves. In the last 10 years this phase has been used systematically (e.g. 

Kind et al., 1985; Silver and Chan, 1988; Vinnik, Farra and Romanowicz, 1989a; 

Ansel and Nataf, 1989; Makeyeva, Plesinger and Horalek, 1990; Savage, Silver and 

Meyer, 1990; Silver and Chan, 1991; Kuo and Forsyth, 1992; Vinnik et al., 1992; 

Makeyeva, Vinnik and Roecker, 1992; Savage and Silver, 1993; Helffrich, Silver and 

Given, 1994). One advantage of SKS and similar SmKS phases is that they have 

a near-vertical incidence at the receiver and are well-recorded at a large distance 

interval far away from the source. Furthermore, as they have been converted from 

P wave at the core mantle boundary (CMB), in a laterally homogeneous isotropic 

Earth they should be purely SV polarized, i.e. linearly along the radial direction. 

Besides, because of the P-to-S conversion at the CMB, SKS phases can only be 

affected by anisotropy located along the path between the CMB and the receiver. 

Due to their near-vertical incidence, SKS and SmKS have an excellent lateral 

resolution beneath the stations. However, they fail to constrain the depth of the 

anisotropy, giving a vertically integrated effect from the CMB to the surface, at the 

receiver side. A good knowledge of the distribution of the anisotropy with depth 
is essential to understand its origin. On the one hand, anisotropy in the crust 

can easily be discerned from that in the mantle by means of the 8t values. Delay 
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times in the crust are not expected to be greater than about 0.3 s (Barruol and 

Mainprice, 1993; Crampin and Booth, 1985; Kaneshima and Ando, 1989). On the 

other hand, variations in the splitting parameters often observed on a scale of a 

few hundred km (Vinnik et al., 1989b; Makeyeva et al., 1992; Sandvol et ai., 1992; 

Savage and Silver, 1993; Helffrich et al., 1993) appear to rule out the contribution 

of the lower mantle. Nevertheless, it is not clear whether the source of anisotropy 

lies within the lithosphere or the sublithosphere. Another question is still open: 

is the anisotropy in inactive regions due to present-day flow of mantle material 

in the asthenosphere, to fossil anisotropy in the lithosphere, or related to present 

crustal stress that propagates into the mantle? Different attempts have already 

been made to constrain the distribution of azimuthal anisotropy with depth. For 

example, Farra et al. (1991) used S-to-P converted phases; in anisotropic media, 

these phases have different properties from those in an isotropic medium. Tong, 

Gudmundsson and Kennett (1994) used S waves refracted at the main structural 

units of the upper mantle; the geometry of the propagation paths enabled them to 

put direct constraints on the likely location of the anisotropy. 

In this paper we propose another way to constrain the depth of the anisotropy 

using S J( Sand S J(J(S waves. Their poor depth resolution can be improved us

ing individual phases recorded at different stations of a relatively dense array, and 

analysing the lateral variability of the observed splitting. A ray-geometrical arrival 

is influenced by the material properties of the vicinity of the geometrical ray path. 

It is thus appropriate to treat the ray as a tube, the diameter of which is defined by 

the first Fresnel zone. The size of the Fresnel zone depends on the period and on the 

traveltime (or length of the ray path). For steep incident waves, the traveltime can 

be directly converted into depth. Knowing the dimensions of the Fresnel zone as a 

function of depth and period it is possible to obtain tighter depth constraints. This 

is illustrated in Figure 2.1 where Fresnel zones for Sf{S and Sf(J(S phases arriv

ing near-vertically at two neighbouring stations are represented. Different splitting 

observations at station 1 for events with an opposite back-azimuth suggest a source 

of anisotropy deeper than Zl: at shallower depths the corresponding Fresnel zones 

(a) and (b) overlap. On the contrary, different splitting measurements at station 

1 and 2 for the same event indicate a source shallower than Zz: at greater depths 

the Fresnel zones (b) and (c) overlap. In this study, only splitting observations from 

events with the same or opposite back-azimuth have been compared. In this way, the 
cOlnplicating effect of superposition of layers with different anisotropic properties 

on our measurements can be ruled out. 
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station 1 station 2 

z 

Figure 2.1. Schematic illustration of the Fresnel zone as a function of depth, for 

SKS phases arriving near-vertically at two neighbouring stations. 

2.2 Data processing 

In this study we use SKS and SKKS phases recorded at the NARS-NL array. This 

array is ideally suited for studying "lateral variations in the splitting parameters. It 

consists of 13 portable digital broadband NARS stations (Dost, 1987) deployed in 

The Netherlands, Germany and Belgium since autumn 1989. Three of the stations 

were already part of the NARS-Europe array; the corresponding recordings have 

also been used. The latter array was operational from 1982 June until 1986 De

cember (Dost, 1987). Table 2.1 lists the coordinates of the stations used. We first 

tried to use all SKSand SK K S phases from events at all depths with epicentral 

distance between 86° and 149°. Records at distances shorter than 86° are gener

ally not well isolated from Sand ScS. Only records with a clear SKS or SK K S 
phase on the original trace were selected for further analysis. Table 2.2 lists the 

epicentral parameters of the events that yield reliable splitting measurements at 

one or more stations. In order to improve the signal-to-noise ratio, the records were 

band-pass filtered by a zero-phase Butterworth filter. The low-pass filter with a 
corner frequency between 0.2 and 0.5 Hz removed the effects of high frequency scat

tered energy due to small-scale inhomogeneities; the high-pass filter with a corner 
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station latitude longitude network 

NE04 52.81 6.67 NARS-Europe/NARS-NL 
NE05 52.09 5.17 NARS-Europe/NARS-NL 

NE15 50.87 5.78 NARS-Europe/NARS-NL 
NE31 52.26 7.01 NARS-NL 

NE32 52.18 5.81 NARS-NL 

NE34 52.31 7.77 NARS-NL 

NE38 52.50 6.26 NARS-NL 

NE40 51.97 6.73 NARS-NL 

Table 2.1. Coordinates of the NARS stations used in this study. 

nr. date time lat Ion depth mb 

1 84/04/24 04:11:29.0 30.909 138.431 403 6.1 
2 84/05/30 07:49:43.6 -4.843 151.577 174 6.2 

3 86/04/30 07:07:18.1 18.404 -102.973 27 6.2 
4 86/09/16 18:20:17.7 19.376 146.301 48 6.5 

5 87/04/25 12:16:52.4 16.066 120.301 107 6.3 

6 87/04/29 14:27:35.7 -19.013 -177.736 385 5.9 
7 87/12/12 04:51:50.5 29.692 140.025 164 6.3 

8 89/08/21 18:25:41.0 -4.104 154.459 494 5.8 
9 90/06/08 15:05:09.5 -18.874 -178.789 499 5.6 

10 90/06/23 21:38:18.7 -21.568 -176.483 181 6.4 
11 90/07/17 21:14:43.6 16.495 120.981 23 6.1 

12 90/10/17 14:30:13.1 -10.970 -70.776 599 6.7 
13 91/05/24 20:50:55.8 -16.506 -70.701 128 6.3 

14 91/06/23 21:22:28.9 -26.802 -63.349 558 6.4 

15 91/07/02 05:14:30.1 -1.068 99.843 54 5.8 

16 92/05/17 09:49:19.1 7.239 126.545 33 6.2 

17 92/10/15 22:37:05.9 -14.537 166.711 25 6.2 

18 92/10/30 02:49:48.1 29.941 138.975 393 6.0 

19 93/05/18 10:19:38.1 19.816 122.481 214 6.1 

Table 2.2. List of the events used in this study (from PDE). 
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frequency of 0.02 Hz suppressed the long-period noise on the seismograms without 

distorting the SKS or SKKS waveforms. Representative examples of records with 

sufficiently excited and isolated phases are shown in Figures 2.2-2.4. 
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Figure 2.2. Representative examples of SKS observations (top) and particle motion 

diagram in the horizontal plane (bottom), for event 12 (see Table 2.2) at stations 

(aJ NE15, (bJ NE32, and (cJ NE38. The direction of approach to the station (back

azimuth) is approximately 253 0 from the north. The horizontal component records 

have been rotated to radial (solid line), i. e. radially away from the source and trans

verse (dashed line), i. e. normal to the radial. They are plotted at the same scale. 

The particle motion diagram (horizontal axis is radial, vertical axis is transverse) 

correponds to the entire signal plotted above. Noise previous to the SKS phase in 

the particle motion plot gives an indication of whether the signal in the transverse 

component is significant. The seismograms have been bandpass filtered between 5 

and 50 s. Note the different splitting observations for different stations. 

Here the adopted nomenclature is as follows: radial component refers to the hor

izontal component of motion radially away from the source; transverse component 

refers to the horizontal component of motion oriented 90 0 counter-clockwise with 

respect to the radial. Note that noise previous to the S K S phase is also included 
in the particle motion diagram. Noise corresponds to the portion of incoherent po

larization centred about the origin with a chaotic trajectory. It gives an indication 

-6000 -4000 -2000 0 2000 4000 
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Figure 2.3. Same as Figure 2.2 for event 13 recorded at stations (aJ NE05, (bJ NE32 

and (cJ NE40. The direction of approach is about 250°. Seismograms have been 

bandpass filtered between 2 and 50 s. 

of whether the signal in the transverse direction is significant. Because SKSand 

SKI<S phases have been converted from P-wave to SV-wave at the CMB, they are 

radially polarized in the absence of anisotropy (Kind et al., 1985). This makes these 

waves particularly useful for splitting studies: energy on the transverse component 

may be a direct indicator of anisotropy. Furthermore, for delay times 6t between 

the split phases that are small compared to the dominant period, the transverse 

component of the signal (SKST) behaves like the derivative of the radial compo

nent (S I<SR)' This is true for waves propagating through a transversely anisotropic 

layer with a horizontal axis of symmetry: the particle motion is then elliptical (Sil

ver and Chan, 1988). The average period present in our data is between 8 and 9 s; 

the delay times reach values up to 1.1 s. It has been shown (Vinnik et al., 1989b) 

that for these periods and delay times, this long-period approximation can be used. 

The time derivative relationship between the radial and the transverse components 

in our data is illustrated in Figure 2.5a. Note that the particle motion is clearly 

elliptical, indicating that the transverse component is the time derivative of the 

radial component. This is a strong indication that anisotropy is the origin of the 

observed transverse component. 
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Figure 2.4. Same as Figure 2.2 for event 10 (a), event 5 (b) and event 12 (c), all 

at station NE04. Seismograms have been bandpass filtered between 2 and 50 s. 

Not all frequency bands are suitable for observing SKS splitting. From the 

long-period approximation it follows that the SKST I SKSR amplitude ratio is pro

portional to the frequency, according to the expression (e.g. Silver and Chan, 1988; 

Vinnik et al., 1989b) 
SKST wot. 213 ( )smSKSR ~ 2 , 2.1 

where 13 represents the angle between the axis of fast velocity and the direction 

of polarization. To be able to detect a certain delay time for a given period, the 

SKSR -to- noise amplitude ratio should be greater than the corresponding ratio 

SKSRISKST. It may seem that splitting is better detected at very short periods; 

however, high frequency recordings are often distorted by scattering and other noise. 

The SKSR-to-noise amplitude ratio has been calculated for all records. Noise on 

both the radial and the transverse components has been taken into account. From 

these calculations we conclude that the best period range for observing SKS split

ting in our data is between 5 and 10 s. Phases with dominant periods larger than 

12 s have been rejected. 

To determine the parameters that characterize the anisotropy, the cross-correlation 

ITlethod has been used (Fukao, 1984; Ando, 1984; Ansel and Nata/, 1989). Its aiITl is 

to find the values of ¢ (axis of fast direction calculated clockwise from north) and 
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6t that best remove the effects of the splitting, i.e. that minimize the transverse 

component and eliminate the elliptical particle motion. In this method the perpen

dicular radial and transverse axes are rotated through an angle {3 in a clockwise 

direction at an interval of 1°, and the S K S signal is projected onto the rotated 

axes. The 6t giving the maximum cross-correlation is found and the parameters 

(¢, Ot) with the largest cross-correlation value are reported. To recover the original 

signal before entering the anisotropic region, the two rotated signals are aligned and 

rotated back to the radial and transverse axes. After correcting for the anisotropy 

with the parameters obtained (¢, Ot), we expect to have minimized the energy on 

the transverse component and to have linearized the particle motion along the radial 

direction. In cases of no observable splitting, a characteristic pattern is observed. 

For a null rotation, the correlation obtained is very low regardless of the Ot used. 

However, if we begin to rotate the correlation becomes excellent, close to 1, for a 

Ot of 0 s. If the noise level is low, a rotation of about 10° is enough to observe 

this phenomenon. A maximum is observed for a rotation of 45°. In this study null 

measurements that do not have this characteristic pattern are disregarded. We refer 

to Ansel (1989) for more details about the method of resolution. 

In Figure 2.5, the radial and transverse components and the particle motion are 

shown both before and after applying the correction. Note that the two parameters 

computed by the method indeed remove the energy on the transverse component 

and produce a linear particle motion. 

Figure 2.5. (next page) Example of data analysis procedure and diagnos

tics of shear-wave splitting for event 12 recorded at station NE32. Seismograms have 

been band-pass filtered between 5 and 50 s and are plotted at the same scale. (a) ver

tical (z), radial (r), time derivative of the radial (rdif), and transverse component 

(t); (b) original (left) and reconstructed (right) radial (solid) and transverse (dashed) 

seismograms; the correction has been made using the estimated values ({3, Ot) that 

gave a maximum value of the cross-correlation function ({3; angle between the radial 

component and the axis of fast velocity; Ot; delay time between the fast and slow 

components); (c) superposition of fast and slow components (defined by {3) before 

(left) and after (right) a delay time Ot was applied; d) original (left) and anisotropy 

corrected (right) horizontal particle motion diagrams; horizontal axis is in the ra

dial direction, vertical axis along the transverse direction. Note the linearity of the 

corrected particle motion along the radial direction. The parameters obtained are a 

fast direction ¢ at 112° from the north and a deilly time 6t of 1 s. 
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Figure 2.6. Map of the stations used. Locations of stations are indicated by open 

circles. Solid lines show the azimuths of the incoming waves for which splitting 

is observed. Note that the orientation of the axes of symmetry is not given here. 

Dashed lines show the azimuths of the incoming waves for which no splitting is 

detected. 

As in Figures 2.2 to 2.4, noise recorded before the phase of interest is also in

cluded in the particle motion plots as a criterion to decide whether the energy on the 

transverse component can be considered significant. Only events with a transverse 

component visually identifiable above the noise have been kept. In Figure 2.6, the 
azimuths of the waves for which splitting has been observed and the azimuths with 

no detectable splitting are drawn at each station. 

An estimate of the errors in ¢ and 81 is difficult to quantify since the relation 

between the seismogram and the parameters ¢ and 81 is highly non-linear. To 

evaluate the uncertainty we use as criteria the stability of the results when (1) dif

ferent parameters (¢, 81) are used to correct for the anisotropy, (2) different window 
lengths are used, and (3) the corner frequencies of the filters are varied. Based on 

5 6 7 
Longitude eE) 
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these diagnostics we estimate the error bars to be generally smaller than ±200 for 

the direction of the axis of fast velocity, and ±0.3 s for the delay time between 

the two split waves. We obtained about 24 clearly split SKS and SKKS phases. 

The corresponding parameters (4), M) are summarized in Table 2.3. The 10 quasi

linear polarized shear-waves observations are also reported in this table. The fast 

directions obtained for the individual measurements at each station are given in 

Figure 2.7. 

5 6 7 8 
Longitude (OE) 

Figure 2.7. Map of shear wave splitting measurements. As in Figure 2.6, locations 

of stations are indicated by open circles. Arrows show the directions of polarization 

4> of the fast split wave. Bars denote absence of detectable splitting; they are plotted 

parallel and perpendicular to the polarization of the incoming phase, representing 

the possible fast and slow directions for each measurement. The magnitude of the 

time shift is not represented in the figure. Bars are drawn longer to allow for an 

easier visualization. 

Shear waves do not split when the incidence polarization is close to the direction 
of the symmetry axes of the anisotropic region. Therefore, no energy on the trans
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verse component for a clear SKS wave indicates that either there is no anisotropy 

or the direction of the fast or slow axis is along the back-azimuth. In Figure 2.7, 

bars denote absence of splitting; they are plotted parallel and perpendicular to the 

polarization of the incoming phase, representing the possible fast and slow directions 

for each measurement. 

Figures 2.2 and 2.3 show that, for single events, splitting is not consistently 

observed across the NARS array. A transverse component on SKS and/or SKKS 

phases can be generated by mechanisms other than anisotropy, such as, for instance, 

scattering in the crust, topography at the CMB, or propagation through a laterally 

heterogeneous mantle. A question arises: can we explain the incoherent observations 

across the array as an effect of scattering in the crust? In other words, can scattering 

in the crust produce similar effects as anisotropy, i.e. an elliptical particle motion 

due to a short time delay between the direct and the scattered waves? To answer 

this question, synthetic experiments were performed; they are described in the next 

section. 

2.3 Scattering in the crust 

This section addresses the effects of crustal scattering on the wave polarization. We 

use synthetic seismograms generated by the finite-difference method to study the 

propagation of a vertically incident acoustic wave through 2-D self-similar media 

that represent the crust (Frankel and Clayton, 1986). An example is shown in 

Figure 2.8. This method produces synthetic seismograms for any point on a grid 

and includes all multiply scattered and/or converted waves, and correctly handles 

diffractions and caustics. 

A number of self-similar random media with standard deviation in the velocity 

between 5 and 10% have been used. For different model parameters we observe that, 

for a vertically incident acoustic wave, a horizontal component is usually generated 

(Figure 2.9a). This horizontal component is often time-shifted with respect to the 

vertical component, and its waveform and amplitude at the surface change along 

the x-direction, illustrating that scattering can cause variations in waveform and 

amplitude across seismic arrays. The particle motion is no longer linear, suggesting 

that the effect of scattering could in some cases be erroneously interpreted as being 

due to propagation through an anisotropic medium. However, the energy on the 
horizontal component does not disappear when the cross-correlation technique from 
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record station baz ¢ ot phase .6- event 
1 NE04 5.7 141 0.6 SKKS 148.7 10 
2 " 7.5 139 0.6 SKKS 146.1 6 
3 " 38.4 83 0.4 SKS 100.0 4 
4 " 43.8 88 0.6 SKS 124.2 2 
5 " 61.0 108 0.6 SKS 90.9 11 
6 " 61.4 105 0.8 SKS 101.6 16 
7 " 61.8 112 0.5 SKS 90.9 5 
8 " 88.1 - - SKS 92.8 15 
9 " 241.4 - - SKS 95.8 14 
10 " 253.5 - - SKS 91.2 12 
11 " 296.4 68 1 SKS 86.8 3 
12 NE05 38.8 - - SKS 87.8 1 
13 " 240.2 93 0.6 SKS 94.6 14 
14 " 248.9 115 0.4 SKS 94.5 13 
15 " 295.3 82 0.8 SKS 86.3 3 
16 NE15 29.9 76 0.6 SKKS 140.6 17 
17 " 37.2 83 0.8 SKS 101.9 4 
18 " 39.3 80 1.1 SKS 89.6 18 
19 " 38.6 80 1 SKS 90.2 7 
20 " 40.2 91 1 SKKS 126.5 8 
21 " 57.3 90 0.8 SKS 90.4 19 
22 " 249.3 - - SKS 94.4 13 
23 " 252.8 - - SKS 90.1 12 
24 NE31 61.2 108 0.5 SKS 91 11 
25 NE32 249.4 115 0.6 SKS 94.9 13 
26 " 252.8 112 1 SKS 90.5 12 
27 NE34 40.8 80 0.6 SKS 87.6 18 
28 " 62.4 101 1 SKS 101.2 16 
29 " 250.9 - - SKS 96.0 13 
30 NE38 61.1 114 0.6 SKS 101.9 16 
31 " 253.1 - - SKS 90.9 12 
32 NE40 9.6 - - SKKS 146.7 9 
33 " 61.0 109 0.4 SKS 91.3 11 
34 250.1 SKS 95.3 13 

Table 2.3. Shear-wave splitting measurements: baz (deg), station to epicenter az

imuth clockwise from north; ¢ (deg), azimuth of fast direction clockwise from north; 

ot (sec), time delay between split waves; .6- (deg), epicentral distance. Dashes for ¢ 

and ot indicate a clear absence of splitting. 
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Figure 2.8. Example of a self-similar random model for the crust. The correlation 

distance is 25 k~, the average velocity 3 km/s and the standard deviation 5%; darker 

shaded areas indicate velocities higher than average. 

the previous section is applied to the synthetics (Figure 2.9b); the only effect on 

the seismograms is a distortion of the waveform. This is due to the fact that in the 

synthetics the horizontal component is not the derivative of the vertical component; 

it reflects the fact that a mechanism other than splitting is responsible for the energy 

on the horizontal component. Splitting can be described by a ray-based theory. In 

contrast to this, scattering arises from the properties of the whole wavefield. The 

horizontal component generated by scattering is the result of a superposition of 

several scattered waves; these waves arrive after the direct wave, with random delay 

times that do not follow any pattern. 

In this experiment, acoustic waves in 2-D media have been used, while our 

data consist of elastic waves propagating through a 3-D medium. Generalizing 

the results, the experiments suggest that in a 3-D elastic medium scattering could 

produce Sf{S energy on the transverse component with different waveforms and 

amplitudes across an array. However, the transverse component would then be the 

result of interferences between several scattered waves with different arrival times. 

Accordingly, the transverse component would in general not resemble the derivative 

of the radial component as observed in the data (see Figure 2.5). 
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Figure 2.9. Synthetic seismograms (top) and particle motion (bottom) of a verti

cally incident acoustic pulse that has travelled across the self-similar random model 

shown in Figure 2.8, (a) before and (b) after the cross-correlation method was ap

plied. Solid lines represent the vertical components, dashed lines the horizontal 

components generated by scattering. Note that the transverse component does not 

vanish after rotation. Seismograms are obtained at the surface at a range of 25 km 

in the horizontal direction. 

2.4 Results 

The individual estimates of splitting parameters listed in Table 2.3 (see first 5 

columns) reveal two important characteristics of our data. 

(1) First, results for single events well-recorded at different stations show vari

ations in the detection of splitting through the relatively small array (see also Fig

ure 2.6). For example, events arriving with a back-azimuth of about 250° show 

clear splitting at stations NE05 and NE32 (records 13, 14, 25 and 26), whereas no 

splitting is detected at stations NE04, NE15, NE34, NE38 and NE40 (records 9, 10, 

22, 23, 29, 31 and 34). In the same way, for a back-azimuth of about 40°, SKS 

waves at stations NE04, NE15 and NE34 (records 3, 4, 17, 18, 19, 20 and 27) are 

clearly split, whereas at NE05 (record 12) no energy on the transverse component is 
observed. Representative examples are shown in Figures 2.2 and 2.3 for two events, 
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both with a back-azimuth of approximately 250°; for these events a clear transverse 

component is recorded at stations NE05 and NE32, whereas at the other stations 

no splitting is detected. 

(2) Second, the individual estimates of splitting parameters at one station for var

ious back-azimuths are not always consistent with each other (see also Figure 2.7). 

We will not discuss here the values of the delay time 8t. A 8t ~ 0.7 s seems to put 

all the measurements within the ± 0.3 s error bound, except for record 18. On the 

contrary, the measurements of <p can be a subject of discussion. 

At station NE04, for example, a fast axis <p oriented at about 88° from north 

would be compatible with the measurements, given their ±20° error bound, for 

records 3, 4, 5, 6 and 11, but not for records 1, 2 and 7. In the same way, a fast 

axis between 92° and 103° would agree with the observations for records 3, 4, 5, 
6 and 7 but not for records 1, 2 and 11. For record 8 (baz ~ 88°) no splitting is 

observed, which is compatible with an axis of symmetry both at about 88° and 

at between 92° and 103°. The absence of energy in the transverse component for 

record 10 (baz - 180° ~ 73°) would be compatible with <p ~ 88°, but a transverse 

component would be expected for <p between 92° and 103°. There is still a discrepant 

record 9. For this record (baz - 180° ~ 61°) no splitting is observed. On the one 

hand, if the axis of symmetry was about 88° or between 92° and 102°, some splitting 

should be observed for this record; on the other, being conservative about the errors, 

no splitting indicates that if there is anisotropy, one of the axes of symmetry is 
oriented at about 61 ±20°, i.e. approximately between 41° and 81 0. A slow axis of 

symmetry between 41° and 81° below station NE04 would also agree with records 1 

and 2; instead, a fast axis between these values would agree with records 3, 4 and 11. 

In both cases, however, the measurements for records 5, 6 and 7 would be clearly 

contradicted. 

At station NE05, a fast axis <p between 95° and 102° can explain, within the 

±20° error bound, all the observations of splitting (records 13, 14 and 15), but is 

not compatible with record 12: for this record, which has a back-azimuth of 39°, no 

energy on the transverse component is observed. 

At station NEI5, a fast axis <p ~ 80° would be compatible with the observed split 

phases. Besides, <p ~ 80° seems to put the observations of no splitting within the 

error bound. However, for a homogeneously distributed anisotropy, it seems unlikely 

that the splitting is not detected for record 22, whereas for record 21, which differs 
only by 180° + 12°, a ot of 0.8 s is measured. The same reasoning could be applied 

to the measurements of records 28 and 29 at station NE34. A discrepancy also 
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arises from the two measurements at station NE38. If the axis of fast velocity was 

oriented at about 114° ± 20° (record 30), splitting should be observed for record 31 

(baz - 180° ~ 73°). Nevertheless, no energy seems to be present on the transverse 

component for this record. The same holds for station NE40. The measurement for 

record 33 (baz ~ 610, ¢ ~ 109° ± 20°) is incompatible with the absence of splitting 

for record 34 (baz - 180 ~ 70°). 

Variations between nearby stations constrain the anisotropy to be located above 

a critical depth, as rays arriving from the same direction at different stations would 

sample the same region at great depth. On the other hand, the inconsistency be

tween splitting observations at a single station from events approaching from dif

ferent directions argues for the existence of a source of anisotropy below a critical 

depth. Since Sf{S waves have a near-vertical incidence at the station, rays are rel

atively close in the lithosphere, and a dependence of the splitting on back-azimuth 

is not expected for a shallow source of anisotropy. Another possibility is that the 

dependence on the back-azimuth is a result of propagation through two or more 

layers with different anisotropic properties. 

2.4.1 Two or more superposed layers? 

Only a few of the data used in this study have been analysed before by other 

authors. Vinnik et ai. (1989b) found an average fast direction at 70° and a delay 
time of 0.5 s at stations NE05 and NEI5. These results were interpreted as an effect 

of the rifting at the lower Rhine graben, where the fast direction of anisotropy is 

oriented nearly perpendicular to the rift and parallel to the direction of extension in 

the crust (Vinnik et al., 1992). Our measurements do not contradict these results. 

The estimates of ¢ and 8t obtained for records 15 and 17 (Table 2.3) at stations 

NE05 and NE15 were 83° and 0.8 s, respectively. These records were also used by 

Vinnik et ai. (1989) in their average. Silver and Chan (1991) found no evidence of 

splitting at stations NE04 and NE05 from at least two different non-orthogonal back

azimuths. They interpreted the results as splitting below the threshold of the data 

(i.e. 8t < 0.5s). In contrast to these results, in this study delay times up to 1 shave 

been detected for these stations. Azimuthal dependence in shear-wave splitting has 

been reported in previous studies (Ansei and Nata!, 1989; Kuo and Forsyth, 1992; 

Savage and Silver, 1993). This dependence has often been interpreted as an effect 
of propagation through two or Illore layers with different anisotropic properties. 

The apparent parameters retrieved for a two-layer model under the assumption of 
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a single anisotropic layer should have a 90° periodicity as a function of the back

azimuth (Savage and Silver, 1993). The distribution of back-azimuths in our data 

does not allow us to check the 90° periodicity: back-azimuths are mostly in the 

first and third quadrants. Because of this, no attempt has been made here to 

model superposed anisotropic layers. However, our data are clearly inconsistent 

with the 1800 periodicity expected for the particle motion of S K S waves. This is 

reflected in the splitting measurements from stations NE04, NE15, NE34, NE38 and 

NE40: clear energy on the transverse component is observed for waves arriving with 

a polarization direction of about 60°, while for rays approaching from practically 

opposite back-azimuths no splitting is observed. 

2.4.2 Fresnel zone calculations 

From the variability in the observations of splitting parameters, a lower and an up

per limit of the depth of the anisotropic region can be established. The horizontal 

resolution of the data and the distribution in depth of the anisotropy can be quan

tified by calculating the Fresnel zone for the SKSand SK K S phases at different 

depths. Here, the Fresnel zone is defined to include all paths that have a traveltime 

difference with the ray-geometrical path of no more than approximately one sixth of 

a period, i.e. between -1.25 and +1.25 s in this case, as the mean value of the periods 

used is about 8 s. The choice of this definition is not arbitrary. It has been based 

on a synthetic experiment which will be discussed in detail later (see Section 2.5). 

Synthetic seismograms for laterally heterogeneous anisotropy have been calculated 

using Kirchhoff integration (see next section and Appendix A). Fresnel zones have 

been calculated at three different depths: 80, 220 and 400 km. Examples are shown 

in Figures 2.10-2.13. 

In Figure 2.10, the Fresnel zones are shown for events with a back-azimuth of 

approximately 40°, calculated at depths of 80, 220 and 400 km. Waves coming from 

this direction arrive at stations NE04 (records 3 and 4), NE05 (record 12), NE15 
(records 17,18,19 and 20) and NE34 (record 27). Except for station NE05, signif

icant energy is detected on the transverse component, with 8t values up to 1.1 s at 

NE15. In Figure 2.10, dark shaded areas indicate the region sampled by split waves; 

undetectable splitting at NE05 is represented by dashed lines which delimit the cor

responding Fresnel zone. From this figure we infer that the source of anisotropy is 
not much deeper than about 400 km. At greater depths the rays arriving at NE05 

would also partly sample the anisotropic region and this would be reflected on the 
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transverse component. 

As mentioned earlier, systematic back-azimuthal variations in the splitting pa

rameters are observed at several stations. At NE04, NE15, NE34, NE38 and NE40 

a total of eight rays approaching the station from a back-azimuth of about 60° 

reveal clear splitting while for rays approaching from the opposite direction (a 

back-azimuth of about 250°) no splitting is observed. These differences between 

observations from opposite back-azimuths can not be attributed to the effect of 

propagation through two or more horizontal layers because elastic symmetry re

quires a periodicity with azimuth of 180°. 

Baz - 40°. Depth: 80, 220 and 400 km 
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Figure 2.10. Fresnel zones for SKS and SKKS phases recorded at stations NEO;', 

NE05, NE15 and NE3/" for events with a back-azimuth of approximately 40°. Fres

nel zones are calculated at 80, 220 and /,00 km depth. Dark shaded areas represent 

Fresnel zones corresponding to observations of clearly split SKS phases; undetectable 

splitting is represented by dashed lines delimiting the correspondent Fresnel zone. 

Figure 2.11 shows the Fresnel zones below NE04 for events with a back-azimuth 

of about 60° (records 5, 6 and 7) and 250° (records 9 and 10) at depths of 80, 220 
and 400 km. At 80 km and at shallower depths, Fresnel zones from events arriving 
from opposite directions overlap. Therefore, at these depths at least some energy 
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should be present on all transverse components. As this is not what we observe in 

the data, we infer that a sublithospheric source of anisotropy is located below at 
least part of the array. 

Station NE04. Depth: 80, 220 and 400 km 

-('I)
ZII) 
~ 

~o 

,.... 
II) 

o 
II) 

3 4 5 6 7 8 9 10 
Longitude eE) 

Figure 2.11. Same as Figure 2.10 at station NEOl,. Only events with back-azimuth 

of about 60 0 and 2500 are represented. Fresnel zones are calculated at 80, 220 and 

400 km depth. 

The above observations seem to delimit the location of the anisotropic region in 

the upper mantle, roughly between 80 and 400 km depth. However, observations 

from events coming with a back-azimuth of approximately 2500 indicate that, near 

NE05 and NE32, the anisotropy can not extend far below a depth of 80 km. This is 

illustrated in Figure 2.12, where Fresnel zones for back-azimuths of about 60 0 and 

2500 are plotted at depths of 80, 220 and 400 km. Arriving with a back-azimuth of 

approximately 2500 
, a clear transverse component was observed at NE05 (records 13 

and 14) and NE32 (records 25 and 26), with 6t up to 1 s. Null splitting observations 

from the same back-azimuth were obtained at NE04 (records 9 and 10), NE15 

(records 22 and 23), NE34 (record 29), NE38 (record 31) and NE40 (record 34). The 
absence of splitting for the 2500 back-azimuth has, at least two possible explanations: 

(1) there is no anisotropy in the corresponding volume of the mantle, and (2) the 
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axis of symmetry in this volume is oriented at about 70°. In the second case, if 

the deformation were uniform below the array, no splitting would be observed for 

the other records with the same back-azimuth or with a back-azimuth of about 60°. 

Records 10, 13, 22 and 26 are not represented in Figure 2.12: their Fresnel zones 

practically overlap the ones corresponding to events 9, 14, 23 and 25, respectively. 

In the western part of the array and at depths greater than 80 km, Fresnel zones for 

this back-azimuth corresponding to non-split and split rays begin to overlap. For 

example, at 220 km depth approximately one-half of the Fresnel zones corresponding 

to records 25 and 31 overlap. Accordingly, some energy on the transverse component 

for record 31 would be expected, which is not reflected in the data available. Fresnel 

zones from events with a back-azimuth of about 60° (records 5, 21, 24, 28,30 and 33) 

are also represented in Figure 2.12. 

3 4 5 6 7 8 9 10 
Longitude (OE) 

Figure 2.12. Same as Figure 2.10 for events with back-azimuths of about 60° 

(records 5, 21, 24, 28, 30 and 33) and 250° (records 9, 14, 23, 25, 29, 31 
and 34). Fresnel zones are calculated at (a) 80 km depth, (b) 220 km depth, and 

(c) 400 km depth. Numbers correspond to records in Table 2.3. Station names are 

only plotted in panel (c). 
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Baz - 60° and 250°. Depth: 80 km 
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Figure 2.12. (Continued) 
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Fresnel zones corresponding to nearly opposite back-azimuths (60° and 250°) 

indicate that in the eastern part of the array the source of anisotropy is located 

at 400 km or deeper. At 220 km, for example, Fresnel zones of record 29 (with no 

splitting detected) and record 33 (with clear splitting) practically coincide. In short, 

splitting results suggest that a non-homogeneously distributed source of anisotropy 

is located below the array at different depths. This is summarized in Figure 2.13, 

where a tentative model of the horizontal and vertical distributions of the anisotropy 

is given. Only Fresnel zones corresponding to split waves are plotted at 80 km depth 

for stations NE05 and NE32 (records 14 and 25) and at 400 km for the other stations. 

Baz - 60° and 250°. Depth: 80 and 400 km 
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Figure 2.13. Tentative model of the distribution of anisotropy below the array, needed 

to explain the splitting observations. Only Fresnel zones for split SKS phases are 

represented. They are plotted at 80 km depth (records 14 and 25) and 400 km 

depth (records 5, 21, 24, 28, 30 and 33). At 80 km depth Fresnel zones correspond 

to events with a back-azimuth of about 250°. At 400 km depth, the back-azimuth 

represented is approximately 60°. 

The data are too few to warrant a unique interpretation. However, around 
stations NE05 and NE32, the source of anisotropy is probably shallower than 80 kIn; 

in contrast to this, more to the east, a sublithospheric source (at about 400 km 



Anisotropy from SKS splitting	 33 

depth) is needed to explain the splitting observations. 

2.5	 Effects of laterally heterogeneous anisotropy: 

synthetic' tests 

In the previous section, Fresnel zones were used to constrain the horizontal reso

lution of the data and the depth of the anisotropy. To constrain the depth, the 

criterion used was that Fresnel zones corresponding to different observed splitting 

parameters should not overlap. Attention was focused on events with opposite back

azimuths arriving at single stations, and on events with same back-azimuth recorded 

at different stations across the array. 

In this section we describe the method used to define the size of the Fresnel 

zones at different depths, and study what happens when a ray samples anisotropy 

of different orientations at the same depth, i.e. when a Fresnel zone includes different 

regions of seismic anisotropy. 

Synthetic seismograms for laterally heterogeneous anisotropy were calculated 

under the assumption of transverse isotropy with a horizontal axis of symmetry. To 

generate the synthetics we assumed a radially polarized wave s(t) arriving nearly 

vertically at the bottom ofan anisotropic layer. The effect of propagation through an 

anisotropic layer was simplified by describing the radial and transverse components 

UR(t) and UT(t) on the top of this layer (called surface S), using the following 

expressions (Silver and Chan, 1988): 

s(t) cos2 j3 + s(t - ht) sin2 j3 
(2.2)

-~[s(t)	 - s(t - ht)] sin(2j3) 

where j3 is the angle between the fast and the radial direction, and ht the delay time 

between the two split components. For laterally varying anisotropy (Figure 2.14), 

the wavefield at a point on the surface S is calculated by substituting j3 and 6t in 

eq. (2.2) with the corresponding local value of the parameters. The angle j3 can 

be easily related to the fast direction ¢. The displacement at a certain station 

on the surface of the earth can then be evaluated using Kirchhoff integration (see 

Appendix A). This is essentially the summation of all the waves that are radiating 

from the surface S. 
First we studied what happens when the location of a station, projected on 

S, is close to the transition zone between an isotropic and an anisotropic layer. 
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Figure 2.14. Geometry of the numerical experiment for a region with laterally vary

ing anisotropy. 
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Synthetics were generated for different station locations along a line perpendic

ular to the interface, and processed as the real data. An example of the obtained 

splitting parameters is shown in Figure 2.15. 

Depth of anisotro ic la er: 220 km 
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Figure 2.15. Splitting parameters (from synthetics) versus horizontal distance x 

of the station to the transition zone between two different anisotropic regions (see 

Figure 2.14). Model splitting parameters are: btl = 0 s (no anisotropy in region 1), 
Ih = 110°, 8t 2 = Is. Dashed line corresponds to a back-azimuth of 70 0 

, solid line 

to a back-azimuth of 2500 
• 

Here, the retrieved splitting parameters are plotted as a function of the distance 

of the station to the interface (see also Figure 2.14). In both panels, the dotted line 

at x=O indicates the transition between the two regions. The model parameters are 

8t 1=0 s (no splitting at region 1), and (P2 = 1100 
, 81 2 =1 s. The angle of incidence 

at the station is 100. The top of the anisotropic layer is at a depth of 220 km. 

Two opposite back-azimuths at the station have been considered: 70° (dashed line) 

and 2500 (solid line). As expected, away from the vertical interface at x=O, only 
the effect of the region below the station is observed on the synthetics, and the 
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model parameters are retrieved (if no splitting is detected, the fast direction plotted 

corresponds to the direction perpendicular to the backazimuth). Note that the 

parameter ¢ is much more sensitive than the delay time /5t. The measured /5t 

becomes smaller than /5t 2 as the ray with back-azimuth 70° (dashed line) begins to 

sample the isotropic region (region 1); in the same way, /5t becomes greater than /5t 1 

as the ray approaching from 250° begins to sample the anisotropic region (region 2). 

What happens when a ray samples two regions with differently oriented anisotropy? 

To answer this question, synthetics were also generated for different models and 

depths. One example is presented in Figure 2.16. Here the model parameters are: 

(1) j~2) 
g 

x<o x>o 

·200. -150. ·100. ·50. O. 50. 100. 150. 200. 
Distance (km) 

-200. ·150. -100. -50. O. 50. 100. 150. 200. 
Distance (km) 

Figure 2.16. Same as Figure 2.15. Here model splitting parameters are: ¢l = 80°, 

/5tl = 1.258, ¢2 = 140°, and /52 = 0.6258. The back-azimuth is 20°. 

¢l = 80°, /5tl = 1.25 S, ¢2 = 140°, /5t2 = 0.625 s; the back-azimuth is 20° and the 

incidence angle 10°. Only the results for the anisotropic layer at a depth of 220 km 

are shown. As in the previous experiments, away from the interface X=O, rays sam

ple only one source of anisotropy, and the corresponding model parameters can be 

retrieved. However, if the station on S is almost above the interface X=O, the ray 
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is influenced by the two anisotropic regions and the parameters obtained do not 

agree with the model. The bottom panel of Figure 2.16 for 6t suggests that the 

two sources of anisotropy tend to cancel out when the station is nearly above the 

interface x=O. Note that at x=+5 km, a delay time of 0 s is measured. This is an 

important result, which indicates that, in a medium with laterally heterogeneous 

anisotropy, the apparent splitting parameters obtained are not simple averages of 

the splitting parameters of the constituent regions. Because of this, when more than 

one anisotropic body is involved, the results may be misleading. 

Based on the width of the transition regions in the delay-time curves in the 

bottom panels of Figures 2.15 and 2.16, we infer that the Fresnel zone width at a 

depth of 220 km is approximately 100 km wide. In this area, the model parameters 

cannot be retrieved. Both experiments have been repeated with different model 

parameters and at depths of 80 and 400 km. From these tests we conclude that 

the Fresnel zone, defined by the set of paths that have a traveltime difference with 
the geometrical path of approximately one sixth of the period, provides a reliable 

diagnostic of the region that influences the splitting. 

In this section, a method has been described to define the dimensions of the 

Fresnel zone for near-vertically incident Sf{S waves. When interpreting the results, 

the limitations of this model should be kept in mind: first, an unrealistically sharp 

transition zone between different anisotropic regions is assumed; second, it is based 

on the assumption of horizontal axes of symmetry; finally, the wavefield at the 

surface S (Figure 2.14) is used to describe the effects of a whole anisotropic layer. 

2.6 Discussion 

NARS-NL data reveal clear differences in the measured splitting parameters, both 

at one station for events with practically opposite back-azimuth and for recordings 

from a single event at various stations. In this study, only comparisons between null 

measurements and clear splitting are made, not those between different values of 

the fast direction. On the one hand, the fact that for a single event splitting is not 

uniformly observed through the array suggests that the anisotropy is not located 

very deep, and rules out the contribution of, for example, the core-mantle boundary. 

On the other hand, the measured delay times range from 0.4 to 1.1 s (see Table 2.3). 

These values are too large to be entirely due to crustal anisotropy. More recently, 
Barruol and Mainprice (1993) have shown that anisotropy in the crust can con
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tribute about 0.1- 0.2 s per 10 km thickness to Sf{S delay times. Using synthetic 

seismograms we also discarded the possibility of scattering in the crust as an expla

nation for the observed splitting. In this way, without yet making any assumption 

we conclude that the anisotropy is concentrated somewhere in the lithosphere or 

upper mantle. To confirm and quantify this conclusion, the Fresnel zones for Sf{S 

and Sf{f{S phases were calculated at different depths. From the Fresnel zones 

calculations it seems that the anisotropy is not homogeneously distributed but is 

located at different depths below the array. 

It is generally recognized that anisotropy in the upper mantle is due to the lat

tice preferred orientation (LPO) of highly anisotropic minerals such as olivine (Hess, 

1964; Nicolas and Christensen, 1987), which is caused by finite strain (McKenzie, 

1979; Silver and Chan, 1988; Ribe, 1989; Karato and Wu, 1993). Different hypothe

ses have been proposed in recent studies to interpret the origin of the finite strain 

(i.e. of the deformation) in the mantle below stable continental regions. Two pro

cesses involve only the lithosphere: the present-day crustal stress which propagates 

into the mantle (see Silver and Chan, 1991), and large scale tectonic deforma

tion of the lithosphere which remains in the form of fossil strain (Silver and Chan, 

1988; Savage et al., 1990). However, our results indicate a sublithospheric source of 

anisotropy below part of the array. At these depths temperatures are higher than 

about 1100 K, and the orientation of olivine 'reflects present-day flow in the man

tle rather than fossil anisotropy from past deformations (Estey and Douglas, 1986; 

Nicolas and Christensen, 1987). Thus, the observed anisotropy seems to be related 

to present-day processes. Other processes also involve the asthenosphere: the strain 

related to the absolute plate motion (APM) (Vinnik et al., 1989a) and the strain 

associated with small-scale upper mantle convection. Our data are clearly not con
sistent with the APM hypothesis; if the orientation of the olivine crystals were due 

to a passive motion of the lithosphere over the stationary asthenosphere, coherent 

anisotropy through the whole plate would be expected, with the fast direction close 

to the plate motion (e.g. Silver and Chan, 1991). None of these two character

istics is observed in the data, in which the fast direction shows a dependence on 

the polarization azimuth, and the splitting parameters vary on a horizontal scale of 

the size of the station spacing of the array. Other authors have also recently ob

served large variations in the splitting parameters. K uo and Forsyth (1992) report 

large variations over small (2° - 3°) changes in the back-azimuth; Makeyeva et al. 

(1992) and Sandvol et al. (1992) explain some anomalous directions in the upper 
mantle beneath the Tien Shan region and the Rio Grande Rift, respectively, as 
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being due to small-scale thermal convection associated with the hot upper mantle. 

LPO becomes aligned with the flow direction when the flow is simple shear, as for 

instance in boundary layers beneath rigid surfaces such as continents (McKenzie, 

1979; Nicolas and Christensen, 1987; Ribe, 1989). However, lateral variations in the 

deformation of the sublithosphere at about 400 km depth seem to reflect some other 

mechanism than those presented above. Our observations are not compatible with 

seismic anisotropy induced by coherent mantle deformation. Rather, they suggest 

that different deformation patterns extend into the mantle beneath the array. A 

possible explanation is that our splitting observations reflect present-day flow in 

the mantle, which has a much shorter spatial scale than the flow associated with 

APM. This idea arose from temperature field representations in numerical models of 

upper mantle convection (van Keken, Yuen and van den Berg, 1992), that showed 

distinct small-scale features in the mid-upper mantle. Under typical circumstances 

in the upper mantle (e.g. Rayleigh number= 9 x 105), convection typically exhibits 

the presence oflocal hot and cold anomalies. An example is shown in Figure 2.17, 

where a snapshot of the temperature field in the upper mantle is represented. 

Temperature field 

T 
700km 

1 
Figure 2.17. Snapshot of the temperature field as taken from a finite element solution 

of the convective-diffusive equations. The Rayleigh number is 9.105 . The depth of 

the box is 700 km. Low temperatures are in dark grey and high temperatures in 

black. Average temperatures are in white. This colors have been chosen in order to 
highlight the hot patch. 
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Note the hot patch on the left, about 200 km wide, far away from major arising 

plumes. These small-scale temperature anomalies are due to advection processes 

on a relatively small scale. The associated spatial variations in the strain would be 

reflected in the splitting parameters that vary over small distances. 

2.7 Conclusions 

The observations of shear-wave splitting recorded at the NARS-NL array provide ev

idence of a non-homogeneously distributed source of anisotropy in the upper mantle 

below the array, at different depths. The data used are too few to warrant a unique 

interpretation. Nevertheless, the results indicate that in some areas the anisotropy 

is located in the sublithosphere at depth of about 400 km. This observation and 

the lateral variability of the splitting observations through the array, suggest that 

the deformation in the sublithosphere is subject to significant lateral variations. An 

hypothesis is that the splitting observations reflect the presence of local hot anoma

lies superimposed on a large-scale convection pattern. Surprisingly, although the 

pattern of deformation below the array as derived from the splitting measurements 

seems quite complex, the splitting observations are in good agreement with the 

hypothesis of transverse isotropy with a horizontal axis of symmetry. 
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Shear-Wave Velocity Structure Beneath 

North America from Large-Scale Waveform 

Inversions of Surface Waves 

3.1 Introduction 

During the last decades the seismic velocity structure beneath the North American 

continent has been extensively investigated. Early studies presented strong evidence 

for a pronounced difference between the seismic velocities in the tectonically active 

western North America, and the stable central and eastern shield. Some of the 

first examples are the results of Cleary and Hales (1966), Doyle and Hales (1967) 

and Herrin and Taggart (1968), based on P- and S-wave traveltime residuals. This 

transition was later imaged in the 3-D P-velocity model by Romanowicz (1979), and 

more recently in the larger-scale and global models (e.g. Woodhouse and Dziewonski, 

1984; Grand and HeImberger, 1984; Grand, 1987; Woodward and Masters, 1992; 

Zhang and Tanimoto, 1993; Grand, 1994). In addition to theses studies for the large

scale seismic velocity, a great number of studies have revealed shorter-wavelength 

lateral heterogeneities (see Pakiser and Mooney (1989) for an extensive review). For 

instance, many efforts have been undertaken to map the P- and S-wave velocity on 

a regional scale beneath the continental United States, especially in the western part 

(e.g. Humphreys and Dueker, 1994; Harris et al., 1991; Rasmussen and Humphreys, 

1988). Van der Hilst (1990) applied tomographic imaging to derive a P-wave velocity 
model beneath, among other regions, the Middle America and the Gulf of Mexico. 

Van der Hilst's models show interesting lateral and vertical variations in the seismic 

41 
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velocities which reflect the complex tectonic history of the region. 

In this paper, we present a model of the shear-wave velocity in the upper mantle 

beneath the continental United States, Mexico and the Gulf of Mexico. We analyse 

fundamental mode surface waves to retrieve information about both the seismic and 

the aseismic areas. With the dataset available, lateral heterogeneities with a wave

length in the order of 500 km down to a depth of 300 km can be resolved. With this 

study we seek to fill the gap between the large-scale models of, for instance, Grand 

and Heimberger (1984) and Grand (1987,1994), and the regional models beneath 

relatively small regions in the U.S. (e.g. Zandt, 1981; Iyer et al., 1981; Evans, 1982; 

Humphreys and Dueker, 1994). In addition, we attempt to complement part of the 

P-wave velocity models derived by van der Hilst (1990), with a different sampling 

of the area beneath Mexico and the Gulf of Mexico. 

We have applied the waveform fitting method for surface waves developed by 

Snieder (1986a,b;1988a) and Snieder and Nolet (1987). This technique is based on 

a linearized surface wave scattering theory, which describes the distortion of the 

direct wave due either to ray-geometrical effects or to multipathing effects that are 

not taken into account by the ray theory (Snieder, 1987). The waveform inversion 

is carried out in two steps. In the first step, a strongly regularized non-linear 

inversion based on ray theory is performed to find a smooth reference model for the 

subsequent linear inversion. In the second step, the linear waveform inversion leads 

to phase velocity perturbation models in several period ranges. After correcting 

for the crustal thickness, a standard linear inversion (Wiggins, 1972; Nolet, 1981) 

results in a layered model of the S-velocity at different depths. 

In the following, a brief summary of the theory is first given. Next, we show 

the phase velocity perturbation models after the non-linear and the linear waveform 

inversions. Examples of representative waveform fits are then presented, and the 
resolution of the inversions is analysed. Finally, the three-dimensional shear-wave 

velocity perturbation model is displayed and discussed together with its reliability. 

3.2 Theory 

3.2.1 Surface wave scattering theory 

The waveform inversion technique based on linear(ized) surface wave scattering 
theory has been developed by Snieder (1986a,b) and Snieder and Nolet (1987), and 
the theory for the associated waveform inversion is extensively described in Snieder 
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(1988a). This theory is not discussed in this paper; rather, a brief outline of its 

basic principles is given for completeness. 

The linearized scattering theory uses a dyadic decomposition of the surface wave 

Green's function in order to give an efficient derivation of the scattering effects of 

lateral heterogeneities. With this formulation, the final expression of both the direct 

and scattered surface waves is quite simple. As shown by Snieder and Nolet (1987) 

the response to an excitation by a moment tensor M on a spherical Earth can be 

written as the sum of all the mode contributions to the displacement u(r): 

(3.1) 

In this expression v denotes the mode number, k v is the wavenumber, a is the 

Earth's radius and ~ the epicentral distance. The pV vectors are the polarization 

vectors (Snieder, 1988a); they describe the direction in which the displacement vec

tor oscillates. In the excitation term [E v • : M], E denotes the excitation tensor 

which depends on the polarization vector of each mode at the source. The propa

gator term 
ei (kvaLl.+ f) 

gv(~) = ~ (3.2)
sm b. 

describes the phase shift and the geometrical spreading along the path from the 

source to the receiver. 

Using the same dyadic formulation as for eq. (3.1) the perturbation of the wave 

field due to lateral heterogeneity can be expressed as a double sum over incoming 

(0') and scattered (v) surface wave modes (Snieder and Nolet, 1987): 

u 1(r) =L. JJpv(r) gV(~2) VV(] (B', 4>') g(](b.d [E(]· : M] dO' (3.3) 
V,(] 

In this expression b.1 and b.2 are the minor arc from the source to the heterogene

ity and from the heterogeneity to the receiver, respectively. The perturbed wave 

is expressed as an integral over the horizontal extent of the heterogeneity. The 

VV(] (B', 4>') term is called the interaction matrix since it describes how the modes v 

and 0' interact with each other. This term also contains the depth dependence of 

the inhomogeneity as well as the dependence on the scattering angle. 
In this study we use recordings of fundamental mode Rayleigh waves and we only 

take into account small scattering angles. As shown by Snieder (1986b, 1988a), the 
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interaction terms for forward scattering for the fundamental modes are proportional 

to the phase velocity perturbation be/c. This, and the fact that we assumed that 

the scattering is linear allows us to write the interaction terms as (Snieder, 1988a): 

8V 
V(m) = 8m m (3.4) 

where the model parameters m designate the phase velocity perturbation be/e. 

Expanding the lateral heterogeneity in a set of basis functions, the model parameters 

m can be arranged in one model vector ill of expansion coefficients. Eq. (3.3) can 

then be written as a matrix equation (Snieder, 1988a): 

(3.5) 

where the di are the components of the vector d of the data residuals (difference 

between the recorded seismograms and the synthetics u D for the reference model) 

and Gij is the spectral component of the synthetic seismogram for event-station 

pair i, due to a unit perturbation of model parameter j. 

The inverse problem can be formulated as finding the minimum, in a least

squares sense, of the penalty function 

2M(m) =1 d - Gm 12 +,£ 1m 1 (3.6) 

with 

ill = Sm and G = GS (3.7) 

where ,£ is a regularization parameter added to ensure stability, and S is a pre

scribed smoothing matrix that imposes an a priori smoothness constraint on the 

solution (Snieder, 1988a). Eq (3.6) is solved iteratively. 

3.2.2 Smooth reference model: Non-linear inversion 

The surface wave scattering theory summarized above is based on a linear relation

ship between a set of residuals d and the inhomogeneity ill. However, the linear 

approximation is only warranted if the initial model is "dose enough" to the solu
tion. For this reason a non-linear waveform inversion is first performed in order to 

obtain a smooth reference model for the subsequent linear inversion. 
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We use the formalism developed by Nolet et al. (1986) for waveform fitting using 

the conjugate gradient method for non-linear optimization. It consists in finding 

the minimum of the misfit function (Snieder, 1988a) 

2F(m) =L J[uP(t) - sP(m, t)F dt + IN JJ I "V.L m 1 dO (3.8) 
P 

where m are the model parameters and "V.L is the horizontal gradient. The first 

term on the right-hand side denotes the data misfit between the recorded seismo

grams (uP) and the corresponding synthetics for a model m (sP), for all the source

receiver pairs p. The term IN weights the relative importance of the data fit and 

the smoothness criterion, and it is added to maintain the stability of the solution. 

Bicubic splines are used to parameterize the model parameters m at selected grid 

points. The inversion is applied iteratively. 

3.3 Data 

The data used in this study consist of 275 high-quality vertical component recordings 

of direct Rayleigh waves in the period range of 40 to 150 s. We have used data from 

a variety of instruments in North America (IRIS/USGS, IRIS/IDA, TERRAscope, 

RSTN). To minimize the potential bias due to unknown heterogeneous structure 

outside the region of interest (Friederich, Wielandt and Stange, 1993) we only use 

sources and receivers which are within the area of study. The selected data cover 

basically the continental United States, Mexico and the Gulf of Mexico (see Fig

ure 3.1). The station and event distribution is clearly uneven. We gridded the entire 

study region and attempted to get an event in every cell possible. The coverage is 

especially good in the western and southern part of the U.S. and in Mexico and the 

Gulf of Mexico. In the northern and central U.S. the coverage is rather poor. This 

uneven distribution obviously has its effects on the resolution of the model. This will 

be discussed later in more detail. The dataset spans recordings from 1985 to 1991. 

We started with 226 candidate events and selected 55 that gave us the best possible 

distribution of sources and stations. The hypocenters of the earthquakes used in 

this study are listed on Table 3.1. All the sources have published Harvard CMT 

source mechanisms (i.e. see Dziewonski et al., 1992). Records have been reduced to 

a common instrument response. In order to ensure that we will be inverting only 
the direct Rayleigh wave arrival a time-variant filter is first applied to the data. 
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date time lat Ion z (km) mb 
198501 05 11:11:30.5 10.2 -80.0 37. 6.0 
1985 01 11 00:13:53.8 16.6 -95.0 82. 5.1 

1985 05 03 07:02:52.5 11.8 -86.9 74. 5.0 

1985 07 21 13:10:33.8 19.1 -67.9 22. 5.6 

1985 08 24 20:27:20.0 22.0 -108.4 51. 5.1 

198509 25 07:43:57.3 18.2 -102.8 30. 5.3 
198601 01 22:01:18.0 19.4 -108.3 43. 5.2 

1986 02 11 01:15:57.6 41.6 -125.3 10. 4.8 

1986 03 21 23:56:18.4 54.2 -121.8 13. 5.3 

1986 03 24 10:33:58.0 14.1 -91.3 68. 5.0 
19860331 11:55:39.1 37.5 -121.6 o. 5.4 

1986 04 07 22:43:31.0 15.5 -94.4 48. 5.8 

1986 05 05 05:46:37.9 18.2 -102.6 17. 5.6 

1986 05 28 13:33:44.0 19.9 -115.9 13. 5.5 

1986 06 03 23:30:55.1 10.2 -103.6 11. 4.9 

198607 05 22:09:38.2 15.4 -92.6 111. 5.5 
1986 07 08 09:20:43.6 34.0 -116.7 5. 5.7 

1986 07 18 17:22:38.0 10.8 -69.4 5. 5.8 

1986 07 20 14:29:47.1 37.5 -118.4 6. 5.6 

1986 08 02 17:49:25.9 13.1 -88.8 58. 5.3 

1986 10 05 21:57:20.7 43.5 -127.3 12. 4.9 

1986 12 07 16:56:40.2 18.9 -107.2 33. 5.0 

1988 02 12 05:23:57.3 30.0 -113.8 10. 5.2 

1988 07 19 10:54:41.8 50.5 -129.9 19. 5.2 

1988 11 25 23:46:04.2 48.1 -78.2 24. 5.9 

1988 11 27 00:36:20.8 50.8 -129.9 10. 5.0 

Table 3.1. Details concerning the events used. 
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date time lat Ion z (km) mb 

198901 30 04:06:23.5 38.8 -111.5 22. 4.8 

19890530 13:50:55.9 17.4 -94.7 137. 5.1 
1989 06 18 14:06:28.8 17.8 -68.8 57. 5.9 

1989 10 22 02:10:57.7 26.3 -110.4 10. 5.0 

1989 11 26 19:01:00.2 25.9 -110.0 10. 5.0 

1990 02 16 13:28:42.7 49.1 -127.8 28. 5.1 
19900727 00:54:56.0 16.1 -86.2 8. 5.3 

199008 26 07:53:42.2 19.6 -77.9 26. 5.7 
1990 10 11 15:14:45.2 18.7 -69.4 101. 5.4 
1990 10 24 06:15:20.0 38.1 -119.1 13. 5.2 
199101 01 03:19:37.0 18.0 -105.8 37. 5.4 

199101 17 17:22:59.0 23.9 -108.9 48. 5.1 

199103 01 17:30:27.1 10.9 -84.7 206. 5.9 

199103 16 06:02:13.5 10.1 -85.2 42. 5.3 

1991 04 01 05:03:59.0 22.4 -107.0 10. 4.8 

199104 01 09:01:31.7 16.3 -98.1 40. 5.1 

19910427 05:42:45.4 10.2 -83.3 22. 5.3 

199106 21 06:27:40.6 13.4 -89.7 69. 5.3 

19910709 06:53:34.4 23.2 -65.5 7. 5.5 

19910725 15:25:29.0 17.8 -95.0 127. 5.4 

19910725 15:45:59.9 16.9 -101.4 23. 5.4 

1991 08 16 22:26:16.9 41.7 -125.4 30. 5.4 

199108 17 06:18:34.5 10.0 -69.9 6. 5.3 

199108 17 19:29:39.6 40.3 -124.1 15. 5.9 

1991 08 17 22:17:15.0 41.8 -125.4 13. 6.0 

19910826 10:01:59.9 18.9 -80.9 5. 5.2 

1991 09 18 09:48:14.1 14.6 -91.0 11. 5.6 

1991 09 26 05:59:20.0 16.2 -98.2 13. 5.2 

199111 11 17:45:57.0 17.9 -105.5 15. 5.4 

Table 3.1. (Continued) 
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Source-receiver great circle paths 
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Figure 3.1. Area coverage o/the data used in the inversions. Lines represent source

receiver great circle paths. 

3.4 Non-linear Inversion 

As pointed out previously, a non-linear inversion based on ray theory is necessary to 

find a smooth lateral heterogeneous model that is " close enough" to the solution 

to warrant the subsequent linear approximation. In this context, smooth refers to 

lateral variations that are small on a scale of one horizontal wavelength. 

To find this smooth model we want to minimize the misfit function F(m) defined 

in expression (3.8). Here, the parameter m represents the phase velocity perturba

tion bclc at selected grid points in the domain that are used to define the bicubic 

spline representation. The size of the domain, shown in Figure 3.1, is approximately 

7500 x 6400 km2 . The size of the grid is not very important since the non-linear in
version uses bicubic splines to interpolate between grid points in order to obtain a 

smooth parameterization. Some tests performed inverting single seismograms have 
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Starting model for the non-linear inversion 

100. 200. 300. 400. 500. 600. 
Depth (km) 

Figure 3.2. Shear-wave velocity as a function of depth for the starting model used 

in this study. This model is a modified version of PREM. 

shown that with the employed grid of 36x25 points (in the longitude and latitude 

direction respectively), a sufficiently fine sampling of a single surface wave path can 

be achieved. 

The inversion has been performed in 4 different period bands, each corresponding 

to a frequency band 5 mHz wide. These are the 40-50 s, 50-66 s, 66-100 sand 80

150 s period bands. Within each band the relative phase velocity perturbation Dclc 
is assumed to be constant. Some attempts to fit the data for the period band of 

30-40 s failed, which probably indicates that the paths are too long to justify the 

use of linearized scattering theory. 

Before inverting for the phase velocity perturbation, an event-by-event envelope 

inversion is performed in order to determine the source strength for each event. 

The idea is to fit the bulk of the amplitude signal by obtaining a simple factor 

that multiplies the source moment. By accounting for as much amplitude signal 

as possible with the source strength, we are hopefully being conservative on the 

amount of amplitude anomaly we attribute to 3-D structure. 

In order to make F(rn) drop into the global minimum rather than one of the 

local minima, we first carried out the inversion of the waveform envelopes. This is 

more robust than inverting the waveforms directly (Nolet, 1986). To obtain con

vergence on the waveform envelope inversion we started with a small data set in 

the period band of 66-100 s. The initial model is shown in Figure 3.2. It is a 

modified version of PREM (Dziewonski and Anderson, 1981) which was determined 
by aligning the envelopes. The laterally homogeneous model obtained after a suc
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cessful envelope inversion for this period band was used as a starting point for the 

waveform inversion. After this, the data set was enlarged. 

Waveform fits indicate if the solution has converged into the correct minimum 

(in the least-squares sense). We have tried to preserve as many seismograms as 

possible, as simply discarding any seismogram which does not" fit " would condition 

the solution obtained. Some representative fits will be shown later. To remove the 

artifacts of the bicubic spline parameterization and to maintain the stability of the 

solution, a rather large value of the regularization term IN has been used in eq. (3.8). 

Its value has been chosen to optimize the trade-off between model smoothness and 

data misfit. 

oc/c after non-linear inversion [ 66 < T < 100 s] 

45 N 

30 N 
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60W 

120W 105W 

-5%~5% 

Figure 3.3. Relative phase velocity perturbation (Dc/c) after the constrained non

linear inversion for the period band 66-100 s. 
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As a representative example, the final non-linear phase velocity model for the 

66-100 s period band after 9 iterations is displayed in Figure 3.3. Note that only 

the region sampled by the ray paths has been contoured. A final data set of 275 

seismograms has been used for this reconstruction. Discarding the marginal seis

mogram fits it turns out that the solution for the different period bands does not 

change significantly. This indicates that the non-linear inversions have dropped into 

a smooth, robust solution despite the presence of some outliers. 

The smooth laterally heterogeneous model shown in Figure 3.3 will be used as 

a reference model for the phase velocity perturbation Dele in the subsequent linear 

inversion, for the period band 66-100 s. Similarly, for the other period bands the 

strongly smoothed models obtained after this first-step non-linear inversion will be 

used as starting model for the second-step linear waveform inversion. 

3.5 Linear Inversion 

The linear waveform inversion based on surface wave scattering theory has been 

applied here to the direct wave only. We are concerned with minimizing the misfit 

function M(m) defined in expression (3.6). For details about the practical imple

mentation of the linear system given in eq. (3.5) we refer to Snieder (1988a). 

We have parameterized the area shown in Figure 3.1 with a grid of 90x77 cells 

with a cell size of 83 x 83 km2 . This implies that for all paths and all periods, the 

Fresnel zone of each ray is being sampled by at least 3 cells. After tests where the 

number of cells was increased we concluded that for the inversion of the direct wave 

this discretization is accurate enough. 
As stated by Snieder and Nolet (1987) a restriction ofthe linear scattering theory 

is that the far field limit is assumed. To avoid singularities on the near field, the 

function sin6. in the propagation term described in eq. (3.2) has been replaced 

by a constant sin6.o (only if 6. < 6. 0 ), with 6. 0 equal to 1.6°. On the basis of 

several experiments we concluded that the value of sin6.o does not affect the results 

significantly. 
To ensure stability of the solution a damping of the "roughed" model m = S-lm 

has been applied. This damping is controlled by the parameter 1£ in eq. (3.6). Its 

value has been determined by optimizing the trade-off between model roughness 

and data fit. 
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oe/e after linear inversion [ 40 < T < 50 s] 
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Figure 3.4. Relative phase velocity perturbation (Dele) after both the non-linear and 

the linear waveform inversions, for the period band (a) 40-50 s, (b) 50-66 s, (c) 66
100 sand (d) 80-150 s. Only the region sampled by the data has been contoured. 
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Figure 3.4. (Continued) 
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In the inversions presented here the smoothing matrix S in eq. (3.7) defined by 

Snieder (see expression (26) in Snieder (1988a)) has been used, with N = 8 and a = 
1. In other words, at each cell the anomaly in the model is the (weighted) average 

of the anomaly in the roughed model III at this cell and the 17 x 17-1 surrounding 

cells. 

The linear inversions for each period band have been performed in 15 iterations; 

more iterations did not change the results. We have extensively explored the various 

model control parameters (i. e. cell size, number of iterations, damping, etc ... ) and 

its effects on the final image. Even though details may differ among the different 

inversions, the main features which will be discussed here do not change. 

The final phase velocity perturbation models are displayed in Figure 3.4 (see pre

vious page). They describe the perturbations to the laterally homogeneous starting 

model. To obtain this final model the contributions of the non-linear and the linear 

inversions have been added, and the average, which is a reasonable approximation to 
the laterally homogeneous model, has been subtracted. Note the amount of detailed 

information that the linear inversion has added. This is easy to see if a compari

son between Figures 3.3 and 3.4c is made. The final model is much more detailed 

than the initial smooth laterally heterogeneous model obtained after the non-linear 

inversion only. 

To decide if a certain inversion has been successful, both the data misfit and 

the smoothness of the model need to be analysed. A way to quantify the quality of 

the waveform fit is to calculate the variance reductions. In Table 3.2 the variance 

reduction after the different inversions is shown for all period bands. The values 
given in Table 3.2 show that, on average, the non-linear inversion accounts for a 

25% reduction in variance. 

period band non-linear linear total 

40 - 50 s 13.1 % 15.2 % 25.5 % 

50 - 66 s 20.1 % 17.5 % 38.8 % 

66 - 100 s 31.7 % 15.1 % 48.0 % 

80 - 150 s 25.6 % 10.9 % 41.6 % 

Table 3.2. Variance Reductions after the Waveform Inversions. 
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The remaining variance is further reduced by about 15% by the linear inversion, 

which takes into account both ray-geometrical and scattering effects. Several ex

amples of waveform fits at 3 different stages of the inversion process are displayed 

in Figures 3.5 through 3.9. In these figures the " initial fit " refers to the fit given 

by the laterally homogeneous model, the " non-linear fit " corresponds to the fit 

predicted by the smooth non-linear model, and the " linear fit " (or final fit) indi

cates the waveform fit after the total inversion (non-linear and subsequent linear 

inversions) . 

Event November 11, 1991 [66<T<100 s] 

Initial fit Nonlinear fit Linear fit 

~ f'tJAff:\ti.\ h AAN i\ i\ i\ A 
u J\JJ\V\V"~ -! VV V 'w ./ VVV ... 
U 
<C 
C) 

~V\::l ~.' .. 
.. .' .. ". 

data o 200 400 
synthetics Time [5] 

Figure 3.5. Observed waveforms (solid lines) and synthetics (dashed lines) predicted 

by the laterally homogeneous model (initial jit), the smooth reference model after 

the non-linear inversion (non-linear jit), and the model after the total waveform 

inversion (linear jit). The waveforms correspond to three recordings of the event 

of November 11th, 1991, for the period band between 66 and 100 s. Note that the 

amplitudes have been scaled for the plots. 
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, 
In Figure 3.5 we show the results for the event of November 11th, 1991, at the 

stations CMB, GAC and PFO, for the period band 66-100 s. For these seismograms 

the laterally homogeneous initial model fits the data rather poorly. The non-linear 

inversion accounts for most of the phase shift but the subsequent linear inversion is 

needed to correct the amplitude. The fit for stations GAC and PFO is very good, 

whereas for station CMB the fit is less impressive. Figure 3.6 displays the fits for 

the event of March 1st, 1991, at 5 different stations for the period band 66-100 s. 

The homogeneous lateral model seems to fit the data at stations SCP and ANMO 

rather well. For SCP the linear inversion corrects part of the amplitude mismatch, 

whereas for ANMO the waveform inversions do not seem to be necessary. For the 

other three stations, namely PFO, ISA and COR, the phase of the Rayleigh wave is 

changed considerably during the inversions. Even though the non-linear inversion 

corrects part of the phase mismatch, it is not until after the linear inversion that 

the phase is completely adjusted. 

Event March 01,1991 [66<T<100 s] 

Initial fit Nonlinear fit 
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Figure 3.6. As Figure 3.5 for five recordings a/the event 0/ March 1st, 1991. 
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Event August 16, 1991 [50<T<66 s]
 

Initial fit Nonlinear fit Linear fit 
0
U 
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data a 200 400
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Figure 3.7. As Figure 3.5 for two recordings of the event of August 16th, 1991, for 

periods between 50 and 66 s. 

In Figure 3.7 an example is shown for the period band 50-66 s. The waveforms 

correspond to the event of August 16th, 1991, recorded at stations SCP and HRV. 

The non-linear inversion accounts very well for the phase. After the linear inver

sion, however, both the phase and the amplitude are extremely well fit. Another 

example is displayed in Figure 3.8. It shows the waveform fits for the event of Oc

tober 5th, 1986, for the period band 50-66 s. For the three stations the non-linear 

inversion improves considerably the fit given by the laterally homogeneous model. 

Nevertheless, the linear inversion is again necessary to adjust the amplitude and the 

phase, especially for the records at stations GAC and RSNY. Less impressive fits 

are shown in Figure 3.9. The waveforms plotted here correspond to the event of 

August 17th, 1991, for the period band 66-100 s. A good fit is achieved for station 

CCM. However, for station PAS and especially for station HRV, the fits after the 

two-step waveform inversions are rather poor. 
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Event October 05, 1986 [50<T<66 s] 
Init.ial fit Nonlinear fit Linear fit 
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Figure 3.8. As Figure 3.5 for three recordings of the event of October 5th, 1986, for 

periods between 50 and 66 s. 

Event August 17, 1991 [66<T<100 s] 

Initial fit Non-linear fit Linear fit 
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Figure 3.9. As Figure 3.5 for three recordings of the event of August 17th, 1991, for 

periods between (j(j and 100 s. 
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Generally, the waveform fit is improved after the linear inversion for most of 

the records, as the previous examples demonstrate. Unfortunately, due to the fact 

that we are inverting 275 seismograms simultaneously, a few of the fits get worse. 

Figure 3.10 shows the paths for which the fit has improved and the ones for which 

the fit has got worse after the linear inversion. Note the small number of " bad 

paths" in Figure 3.10b. Note that these paths are distributed uniformly through 

the area of study. 

3.5.1 Crustal thickness correction 

To apply the crustal thickness correction a contour map of the crustal thickness of 

North America compiled by Mooney and Bmile (1989) has been used. All published 

seismic refraction and most deep reflection profiles were used for this compilation 

(see Mooney and Bmile (1989) for details). This compilation shows how the crustal 

thickness of North America varies by more than a factor of two, with values changing 

from about 25 km at the coast to 55 km within the continental interior. However, 

the modified PREM model used as reference for the waveform inversions has a 

crustal thickness of 24.4 km through the whole area (see Figure 3.2). Consequently, 

this leads to a phase velocity perturbation which is not related to the composition 

of the crust and upper mantle that we want to image, especially for the shortest 

period band more sensitive to the crust. 

In order to remove this effect we calculate the theoretical phase velocity for the 

PREM model, but with different crustal thicknesses. In this way, for each period 

we obtain the phase velocity as a function of crustal thickness. Using the linear 

parameterization described by Snieder (1988b) the phase velocity perturbation due 

to a crust of z km thickness is given by the expression: 

8c/c = f(z - 24.4km)(%) (3.9) 

where the parameter r for each period band is: 

r = -0.0849 (%/km) for 40s < T < 50s 

r = -0.0530 (%/km) for 50s < T < 66s 

r = -0.0321 (%/km) for 66s < T < 100s 

r = -0.0221 (%/km) for 80s < T < 150s 

In this study a default value of 6 km has been assumed for the oceans. 
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Paths with good individual fits [ 66 < T < 100 s] 
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Figure 3.10. (a) Wave paths for which the variance has been reduced after the linear 

inversion compared to the non-linear inversion, for periods between 66 and 100 s. 

(b) Wave paths for which the variance has increased after the linear inversion com

pared to thp non-linear inversion, for periods between 66 and 100 s. 
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It is important to note that before using expression (3.9) the same smoothing 

applied to the phase velocity model (see eq. (3.7» is applied to the crustal thickness 

model of Mooney and Braile (1989); with this smoothing we want to prevent the 

crustal thickness model from introducing unwarranted detail in the mantle structure. 

The smoothing reduces the crustal thickness model to a simple pattern of thinner 

crust near the coast and thicker crust in the interior. Accordingly, the crustal 

correction does not significantly change the features observed in the models after 

the waveform inversions. In Figures 3.4a through 3.4d the crustal correction has 

already been applied. 

3.6 Resolution Analysis 

Before discussing the results of the two-step waveform inversions, we need infor

mation about the resolving power of the inversion method for our data set. Res
olution depends both on the number of rays crossing the region of study and on 

the azimuthal coverage of the paths. A standard method to analyse the resolution 

consists in computing synthetic data by solving the forward problem for well-known 

test structures and inverting these data in the same way as the real data. Ideally 

the synthetic model would be retrieved. A comparison between the input model 

and the model given by the inversion is a measure of the resolving power of the 

inversion method for the given event-station distribution. 

The input models used in this study consist of harmonic distributions of phase 

velocity perturbations with an amplitude in the range between -5% and +5%. We 

should be careful in using the fit between the input and the reconstructed model 

as a definite criterion to asses the reliability of the imaged velocity structures. The 

reconstruction is highly dependent on the pattern of the model and especially on 

the length scales of the velocity anomalies. Because of this, several resolution tests 

have been performed for various harmonic patterns, and for different length scales 

of the velocity anomalies. Two representative model examples are displayed in Fig

ures 3.l1a and 3.12a. The wavelengths ofthese patterns are 90 and 7.5 0 respectively. 

In both figures only the region sampled by the data has been contoured. The corre

sponding results for the synthetic inversions for the period band 66-100 s are shown 

in Figures 3.l1b, c and 3.12b, c. For the other period bands the results are very 

similar and are not displayed here. 
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Figure 3.11. (a) Harmonic input model of the relatively phase velocity perturbations 

(ocl c) for the resolution tests. The wavelength is go. The great-circle paths are 

superposed. Only the area sampled by the data has been shaded. (b) Reconstruc

tion of the phase velocity perturbation model in (a) after the constrained non-linear 

inversion, for the period band 66-100 s, and (c) after both the non-linear and the 

linear waveform inversions. 
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Synthetic 8c/c after non-linear inversion [ 66 < T < 100 s] 

Synthetic 8c/c after linear inversion [ 66 < T < 100 s] 

Figure 3.11. (Continued) 
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Figure 3.12. (aJ As Figure 3.11a for a wavelength of7.5°. (bJ Reconstruction of the 

phase velocity in (a) after the constrained non-linear inversion, for the period band 

66-100 s, and (c) after both the non-linear and the linear waveform inversions. 
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Synthetic '6c/c after non-linear inversion [ 66 < T < 100 s] 

Synthetic '6c/c after linear inversion [ 66 < T < 100 s] 

Figure 3.12. (Continued) 
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In Figure 3.llb the reconstruction after the strongly damped non-linear inversion 

of the model given in Figure 3.lla is depicted. As expected, the reconstructed 

image is a smoothed version of the input model. This is partly a consequence of 

the regularization applied and partly due to the fact that from this inversion we 

only obtain paths integrals over the geometrical path. An obvious conclusion to 

be drawn from this figure is that the resolving power changes from location to 

location. This variability is strongly related to the path coverage. For instance, the 

best reconstruction is found in the western part of the study area and in Mexico, and 

in the northern part of the Gulf of Mexico; these regions have the greatest number of 

crossing paths. Nevertheless, due to the dominant azimuth of the rays in these well

sampled regions, a smearing of the anomalies is observed in the northwest-southeast 

direction and in the northeast-southwest direction, respectively. The magnitude of 

the reconstructed anomalies is quite poor across the entire region. 

Following the procedure used with the real data, the model depicted in Fig

ure 3.llb has been used as input model for the linear inversion. The final image is 

displayed in Figure 3.llc. The first striking feature is that the reconstruction of the 

input model has improved significantly after the linear inversion with respect to the 

non-linear inversion. This is generally true, even in the case where no regularization 

is applied in the non-linear inversion. On the one hand, the strength of the model 

is much closer to the synthetic model after the linear inversion. Note, however, that 

even in the well-sampled areas the magnitude of the reconstructed heterogeneities 

is still less than those of the input model. On the other hand, the smearing of the 

input heterogeneities has been remarkably reduced. After the linear inversion the 

anomalies are positioned more or less at the right location. In the northeastern 

and southeastern parts of the area the resolution is rather poor, as a result of the 

lack of paths sampling this region. One should be careful when interpreting short 

wavelength features in this part of the model. 

In Figures 3.12b and 3.12c, the reconstruction of the model displayed in Fig

ure 3.12a is shown. The two figures correspond to the model after the non-linear 

and the linear inversion respectively. The same characteristics observed after the 

reconstruction of the model in Figure 3.lla are observed here. However, because of 

the smaller scale of the synthetic velocity structure, the smearing in the final image 

is stronger. In spite of this, the resolution along the Pacific coast, in Mexico and in 

the Gulf of Mexico is still rather good. 

The most important conclusion to be drawn from all the sensitivity tests per
formed is that the inversions locate the heterogeneities at their correct place. How
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ever, partly as a consequence of the smoothing applied, they generally underesti

mate their strength. We will come back to these results when discussing the models 

obtained after inverting the real data. 

3.7 Upper mantle 3-D S-velocity model 

The ultimate goal of this work is to map the S-velocity structure m the upper 

mantle beneath the continental U.S., Mexico and the Gulf of Mexico. This can be 

achieved by combining the phase velocity perturbations obtained for the different 

period bands into a model of the S-velocity perturbations as a function of depth. 

For this purpose a standard linear inversion (Wiggins, 1972; Nolet, 1981) is applied 

which results in a model of the S-velocity perturbation at four different layers: 

between 0 and 25 km (the crust), between 25 and 100 km, between 100 and 200 km, 

and finally, between 200 and 300 km. With the data available (i.e. phase velocity 

perturbations for period bands between 40 and 150 s at each grid point), the first 

layer is not constrained and is not discussed in this paper. The final S-velocity 

perturbation models at the well-resolved depths are displayed in Figures 3.13b - d. 

Note that in the deepest layer (Figure 3.13d) the S-velocity perturbation is much 

larger than the phase velocity perturbation in Figures 3Ac, d. This could be due 

to the fact that at a depth of about 200 km the sensitivity kernels of the phase 

velocity perturbation are already relatively small. For this reason, the calibration 

of the S-velocity perturbation in Figure 3.13d is not very reliable. 

The most prominent feature in these tomographic images is the sharp contrast 

between the lower velocities in the tectonically active western United States and 

the higher velocities in the stable central and eastern shield of North America. 

Particularly in the first two layers (down to a depth of 200 km), the rapid transition 

seems to align in a northwest-southeast direction along the Rocky Mountains Front 

(see Figure 3.13a). These large-scale patterns had already been reported by other 

authors, albeit with a poorer lateral resolution. Already in the sixties, several studies 

in the continental U.S. using P- and S-wave traveltime residuals indicated that the 

velocities in the western half were systematically lower than in the eastern half (e.g. 

Cleary and Hales, 1966; Doyle and Hales, 1967; Herrin and Taggart, 1968). In 

Figures 3.13b - d the relatively high velocities beneath the North American shield 

extend clearly to depths of at least 300 km. 
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o~/~ for Layer 1 [25 < z < 100 km] 

Figure 3.13. (a) Topography of North and Central America as given by the dataset 

ETOP05 (U.S. National Geophysical Data center). The original dataset has been 

smoothed to a 0.70 x 0.70 grid. (b) Relative S-velocity perturbation (813/13) for 

depths between 25 and 100 km (layer 1), (c) 100 and 200 km (layer 2), and (d) 200 

and 300 km (layer 3). 
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o~/~ for Layer 2 [100 < z < 200 km] 

8W~ for Layer 3 [200 < Z < 300 km] 

Figure 3.13. (Continued) 
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This is in general agreement with the global models of e.g., Woodhouse and 

Dziewonski (1984), Grand and Heimberger 1984), Woodward and Masters (1992), 

Zhang and Tanimoto (1993) and Grand (1994). Grand (1987) inverted S-wave resid

uals to obtain three-dimensional S-velocity models of the North American mantle. 

His models also reveal relatively low velocities in the western part of the North 

American continent as well as a high-velocity root beneath the Precambrian shield, 

both features down to a depth of 320 km. The shape and amplitude of the high

velocity anomaly in Grand's results agrees fairly well with the models shown in 

Figures 3.13b - d. There is a discrepancy, however, in the Yucatan region (see 

Figure 3.14 for an schematic tectonic and geographical features map of the region 

of study). In this area we observe clear relatively-high velocities which are not 

displayed in Grand's results. 

In addition to the large-scale east-west velocity variation, the models obtained 

from this study also reveal smaller-scale heterogeneous velocity structures. Here 
we will discuss the most relevant features together with the results obtained from 

the resolution analyses, in order to asses the reliability of these structures. The 

S-velocity models in Figure 3.13 will also be compared with other studies. 

3.7.1 Structure along the western U.S. coast 

Particularly interesting is the pattern of the velocity anomalies along the Pacific 

coast. The continental margin of western North America is characterized by a 

tectonically active past and present. Reconstructions of plate boundary configura

tions based on magnetic anomalies in the northeast Pacific (Atwater and Menard, 

1970) give evidence for the subduction and consumption of the Farallon plate be

neath the trench off western North America (Atwater, 1970). About 30 Ma, due to 
the constant approach of the East Pacific spreading ridge to the subduction zone, 

the subduction process ceased to the south of the Mendocino fracture zone (Atwa

ter, 1970). This contact between the Pacific plate and the North American plate 

increased as a consequence of the migration of the Mendocino and Rivera triple 

junctions to the north and south respectively (e.g. Atwater, 1970; Dickinson and 

Snyder, 1979; Zandt and Furlong, 1982; Furlong, 1993). This was the origin of 

the transform boundary along the San Andreas fault. These two different plate

tectonic styles, namely strike-slip faulting and convergence, seem to be reflected in 

the S-velocity models resulting from the waveform inversions. 
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Figure 3.14. Schematic tectonic map of North and Central America. It outlines the 

tectonic and geographic features mentioned in this paper. VT, MT and RT: Vancou

ver, Mendocino and Rivera triple junctions, respectively; eSRP: east Snake River 

Plain; Y; Yellowstone; SAF: San Andreas Fault; TMVB: Trans Mexican Volcanic 

Belt; ThP: Isthmus of Tehuantapec; Yu: Yucatan; MAT: Middle America Trench; 

ChB: Chortis Block; NZC: Nazca plate; SAM: South American plate. 

In Figures 3.13b, c we observe a high velocity anomaly near the state of Wash

ington that could reflect the subducting Juan de Fuca plate beneath the North 
American plate. The Juan de Fuca slab has already been observed beneath the 

Cascades volcanic arc in central Washington with good resolution down to 300 km 

depth (Rasmussen and Humphreys, 1988; VanDecar, 1991; Humphreys and Dueker, 

1994), and beneath southern Oregon up to depths of at least 200 km ( Harris et al., 

1991). In their study, Rasmussen and Humphreys (1988) present a detailed image 

of the slab beneath Washington and Oregon. In this image the slab shows up as a 

north-trending feature 2-3% faster than the surrounding mantle beneath the Cas

cades range. Along the coast, beneath the Oregon Coast Ranges and the Olympic 

Mountains the velocities are anomalously low. 
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A comparison with Figure 3.13 is rather difficult due to the larger scale of the 

waveform studies. In our results the high-velocity anomaly extends from the coast 

to the interior beneath Washington and northern Oregon down to 200 km depth. It 

should be emphasized that the path coverage in this region is not very good, which 

produces a smearing effect and prevents the detailed resolution of the slab geometry. 

As the Mendocino triple junction migrated to the north (e.g. Atwater, 1970; 

Dickinson and Snyder, 1979; Zandt and Furlong, 1982), the cessation of subduction 

exposed the thin North American lithosphere to asthenospheric mantle (Furlong 

et al., 1989; Furlong, 1993). Several authors have reported low-velocity anomalies 

along the Californian coast (from Cape Mendocino to the San Francisco bay) as

sociated with the slab-free window created as the Juan de Fuca and Gorda slabs 

withdraw to the north (e.g. Benz et al., 1992; Humphreys and Dueker, 1994). Dick

inson and Snyder (1979) consider the entire region of the mantle affected by the 

slab removal. They propose a slab-free region of roughly triangular shape which 

extends through much of western North America. In this region upwelling of as

thenosphere would have replaced the volume of the mantle previously occupied by 

the subducted slab. The low velocities we observe comprise a larger region than the 

slab-free window proposed by, for example, Furlong et al. (1989). It extends from 

north of the Mendocino triple junction to the Rivera triple junction (i.e. along the 

coast of California and the Gulf of California). This region largely coincides with the 

part of the margin were no lithosphere is consumed since the subduction has been 
replaced by a transform fault. Furthermore, this low-velocity feature extends from 

the coast to the interior of the continent. Particularly interesting is the change of 

its shape with the depth. It is worthwhile to note that the resolution in this area is 

fairly good. A similar low-velocity feature is observed in the preliminary S-velocity 

model of van der Lee and Nolet (1995). In their study they use the Partitioned 

Waveform Inversion method (PWI) (Nolet, 1990) which first performs non-linear 

optimization of the fit between each seismogram and a synthetic constructed by 

mode summation, and then performs a linear inversion of the great circle averaged 

models to a 3-D model. 

A striking feature is the sharp change in sign of the anomalies at the location 

of the two mentioned triple junctions, particularly at the mouth of the Gulf of 

California where the resolution is rather good (see Figures 3.11c,3.12c). In the 

resolution tests an anomaly is recovered in the Gulf of California region if and only 
if it has been introduced in the synthetic model. We should ment.ion that. the rays 

only sample the continental part of the margin. Accordingly, the high velocities in 



73 S-velocity model of North America 

the offshore region should not be interpreted as subducting lithosphere. 

3.7.2 Structure along the Middle America trench 

South of the Rivera triple junction the Cocos plate begins its subduction beneath 

Mexico and Central America (see Figure 3.14). It is interesting to observe that the 

distribution of the velocity anomalies is not continuous along the Middle America 

Trench (MAT), at least down to a depth of 300 km. This reflects the complex history 

of the subduction regime of the Cocos plate beneath the MAT. The subduction 

started in the Miocene (25 Ma) after the break-up of the Farallon plate. The. 

complexity is principally due to the age variation ofthe lithosphere along the trench, 

and to the arrival of the East Pacific Rise at the trench (van der Hilst, 1990). 

The shallowest layer, from 25 km to 100 km depth, is characterized by a transi

tion from low velocities north of the Rivera triple junction to a slightly high-velocity 

anomaly south of the triple junction. We have noted previously that the oceanic 

part of the Pacific margin is not sampled by our data (see Figure 3.1). This im

plies that the anomalies located off the Pacific coast should not be interpreted. 

Figures 3.13b, c also reveal a low-velocity feature extending northwest to southeast 

beneath Mexico up to the Isthmus of Tehuantapec. This feature largely coincides 

with the region covered by Tertiary and Quaternary volcanic rocks (see Figure 1 in 

Bally et al. (1987»), with a low-velocity minimum approximately below the Neogene 
Trans Mexican Volcanic Belt (TMVB). A similar anomaly is observed by van der 

Lee and Nolet (1995). In the southeastern direction across the isthmus of Tehuan

tapec a transition is observed to higher velocities with a maximum located at the 

Peninsula of Yucatan. This high-velocity anomaly extends to the north crossing 
the central part of the Mexican Gulf up to the continental U.S. west of Florida. 
It should be emphasized that Mexico and the Gulf of Mexico have a large path 

coverage which gives a fairly good lateral resolution. 

The velocity structure in the layer between 100 km and 200 km depth is fairly 

similar to the shallow layer discussed above. Close to the Rivera triple junction a 

transition is still observed from low velocities below Baja California and the Gulf of 

California to high velocities south of the triple junction. The transition is sharper 

than in the shallow layer. On the contrary, the low-velocity anomaly that crosses 

Mexico has a smaller amplitude. Particularly interesting is the amplitude increase 
of the high-velocity feature located on the Yucatan Peninsula. 

At the deepest layer, between 200 km and 300 km, the S-velocity model differs 
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in some aspects from the previous layers. In the first place, the transition between 

low and high velocities at the level of the Rivera triple junction has sharpened. 

Furthermore, in contrast to the first two layers, the high-velocity feature crosses 

Mexico from west-to-east. This may be an indication of remnants of the subducted 

Cocos plate beneath Mexico. In the shallower layers this feature is not observed, 

probably since the arrival at the MAT of young oceanic lithosphere of the Cocos 

plate near the East Pacific Rise caused the cessation of the subduction at the edge 

of the trench (Wortel and Cloetingh, 1981). The northwest-southeast low-velocity 

anomaly in central Mexico does not show up in this layer. Instead, a low-velocity 

feature extends now west-to-east across the Isthmus of Tehuantapec. Beneath the 

Peninsula of Yucatan, a pronounced high-velocity anomaly is still visible. As noted 

previously, the amplitudes in the two deepest layers are probably artificially large. 

Nevertheless, this anomaly seems to indicate downgoing subduction in this region. 

This anomaly also extends north to the Gulf of Mexico, but now without reaching 

the continental U.S. 

It is interesting to compare our results with other studies. However, differences in 

the length-scale resolved by the various methods often make the comparison rather 

difficult. For instance, as mentioned above the velocity variations observed in our 

model are not imaged in the large-scale tomographic results of the shear-wave studies 

by Grand (1987,1994). A comparison of our model with the P-wave tomography 

results of van der Hilst (1990) is more realistic. It should be emphasized, however, 

that the sampling in his inversions differs considerably from our path coverage. Van 

der Hilst's results also reveal a discontinuous velocity structure along the Middle 

America Trench. Up to a depth of 245 km, Mexico is also characterized by low 

P-velocities with a minimum related to the Neogene Trans Mexican Volcanic Belt 

(TMVB) (see Figure 4.2 in van der Hilst (1990)). From 85 to 245 km depth the 

transition is still visible in central Mexico from low velocities below the TMVB to 

the high velocities beneath the Yucatan Peninsula. Similar to Figure 3.13d, a high 

velocity feature crosses north-central Mexico from west-to-east in van der Hilst's 

6th layer (between 245 km and 312 km depth). The absence of subducting Cocos 

plate in this region west of the Isthmus of Tehuantapec is explained by van der Hilst 

(1990) to be a result ofthe continuing left lateral motion of the Chortis block relative 

to present-day central Mexico and Yucatan (see the plate tectonic reconstruction 

of the Caribbean region in Ross and Scotese (1988)). This motion provided the 
young lithosphere of the Cocos plate from subducting beneath the segment of the 

trench along the isthmus. In this layer, van der Hi/st's models do not show the 
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high-velocity anomaly below Yucatan. 

3.7.3	 Structure beneath the western interior, central and 
eastern U.S. 

Beneath the western U.S. interior, at a latitude of about 45°N and down to a depth 

of 200 km, an elongated low-velocity structure can be identified. It extends west

to-east beneath the Yellowstone Plateau and the eastern Snake River Plain volcanic 

system. This feature seems to correlate with the location of Tertiary and Quaternary 

volcanic rocks (see Figure 1 in Bally et at. (1989)). The western edge of this 

anomaly merges into the large low-velocity region which covers most of the western 

U.S. This low-velocity trend is also visible in upper mantle P-velocity models to 

depths of 150-200 km (e.g. [yer et at., 1981; Evans, 1982; Humphreys and Dueker, 

1994). It is generally accepted that the Snake River Plain-Yellowstone Plateau 

volcanic system is the manifestation of a hotspot located at present beneath the 

Yellowstone Plateau. [yer et at. (1981) concluded that partial melting is a plausible 

mechanism to explain the observed low-velocity anomalies. The same mechanism 

can possibly explain the presence of the low-velocity structure that crosses Mexico in 

a northwest-southeast direction. Another feature we observe is the elongated high

velocity structure trending northeast-southwest, south of the mentioned volcanic 

system. To the north-east it merges into the high-velocity area beneath the stable 

platform of central and eastern North America. To the south-west, up to a depth of 

200 km, it seems to penetrate into the large western low-velocity region up to the 

central Great Basin and the Colorado Plateau. 

In the northeastern area of the models, a long-wavelength high-velocity structure 

extending throughout the upper mantle is been imaged. It consists of a high-velocity 

anomaly beneath the North American shield, which has already been discussed at 

the beginning of this section. Furthermore, a low-velocity feature is observed in 

the eastern U.S. beneath Florida and the Atlantic Coastal Plain, at depths below 

200 km. However, the resolution in this area is rather poor. Accordingly, we believe 

that an interpretation of this anomaly is not warranted by the data. The P-velocity 

model by Romanowicz (1979) shows a weak low in part of the Appalachians down 
to a depth of 250 km. However, the location of this anomaly is shifted to the north 

with respect to the feature observed in Figure 3.13d. 
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3.8 Conclusions 

We have constructed a 3-D image of the S-velocity beneath North America using a 

waveform inversion technique based on linearized surface wave scattering theory. We 

have inverted 275 direct Rayleigh wave records in the period range 40-150 s. Sensi

tivity tests indicate that the lateral resolution within the continental U.S. Mexico 

and the Gulf of Mexico is very good. The depth resolution is limited. Only 3 layers 

can be retrieved, with depths between 25-100 km, 100-200 km, and 200-300 km. 

The most prominent feature in the tomographic images is the sharp velocity 

contrast between the lower velocities beneath the tectonically active western United 

States and the high velocities in the stable central and eastern shield of North 

America. From the surface down to 200 km depth the transition seems to align along 

the Rocky Mountains Front. The inversions also reveal lateral heterogeneities on a 

regional scale. A striking feature is the sharp change in sign of the anomalies on the 

Pacific coast at the Mendocino and Rivera triple junctions. A high-velocity feature 

north of the Mendocino triple junction is interpreted as the subduction of the Juan 

de Fuca plate beneath the North American plate. South of Cape Mendocino a low

velocity region extends south to the Rivera triple junction, and to the continental 

interior. The shape of this feature changes with the depth. It largely coincides 

with the part of the margin where no lithosphere is consumed since the subduction 

has been replaced by transform faulting. South of the Rivera triple junction the 

discontinuous distribution of velocity anomalies along the Middle American Trench 

reflects a complex subduction regime of the Cocos plate beneath the North American 

plate. At the mouth of the Gulf of California high velocities are observed at depths 

greater than 200 km. The most likely interpretation is that they represent the 

lithosphere of the Cocos plate which subducted beneath Mexico. In the shallower 

layers the present lithosphere is too young to subduct. Beneath the Peninsula of 

Yucatan a high-velocity anomaly down to at least 300 km depth seems to indicate 

down-going subduction in this region. Our study has also imaged two elongated 

low-velocity structures, the first one trending east-west beneath the Yellowstone 

Plateau and the eastern Snake River Plain volcanic system, and the second one 

extending northwest to southeast beneath Mexico and the Trans Mexican Volcanic 

Belt. Both features correlate with the location of Tertiary and Quaternary volcanic 

rocks. Most likely they are a consequence of magmatism and partial melting. 
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.A Test of the Great Circle Approximation In 

the Analysis of Surface Waves 

4.1 Introduction 

One of the goals of modern seismology is to map the lateral heterogeneity in the 

Earth. The analysis of surface wave data is particularly valuable for studying lateral 

variations of the crust and upper mantle. Standard surface wave tomography relies 

on the great circle approximation, which states that surface waves are only influ

enced by the integral of the local phase or group velocity over the source-receiver 

minor arc. However, the great circle approximation cannot be used if lateral vari

ations have produced strong deviations of the surface wave ray path, and if the 

structure is not smooth on a scale of a wavelength. For instance, fundamental 

mode Rayleigh waves with periods of 10 to 100 s have a wavelength between 35 and 

400 km; especially in the continental regions, the heterogeneities may be of the same 

order. At short periods (period range 20-30 s) "multipathing effects" may occur, 

i.e. interference between waves that arrive at the station after being refracted dif

ferently along different paths. Notwithstanding this fact, some dispersion analyses 

are used over structures which have the same scale length as the surface waves. 

The goals of this research are (1) to test whether the observed wavefield arrives 

in the great circle direction, and (2) to evaluate the bias in phase velocity calcu

lations in case a deviation is observed. For this purpose, a new way of calculating 

wave fronts is developed. This method is first applied to data from the portable 
Network of Autonomously Recording Sta.tions (NARS) recorded during the ILIHA 

(Iberian Lithosphere Heterogeneity and Anisotropy) project. Later, wave fronts are 
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reconstructed through a larger area, in Western Europe. An array enables the mea

surement of the azimuth of the direction of arrival of the wave. The phase velocity 

measured along the great circle, cmeas , can be related to the real local phase velocity 

Creal by the expression 
Creal 

Cmeas = --, (4.1)
cos a 

a being the deviation of the ray path from the great circle direction. Phase delays 

for the fundamental mode of the Rayleigh waves are measured between the stations 

for different frequency bands. The wave fronts are represented by lines connecting 

equal phase delays. The angle a between the reconstructed and the theoretical wave 

fronts (i.e. corresponding to waves travelling through a homogeneous medium) is 

calculated. This angle provides information about the deviation of true wave path 

from the source-receiver minor arc; it can thus be used as a criterion of validity of 

the great circle approximation and as an indication of ray bending effects. Earlier 

work has already been done to compute phase velocities and the approach azimuth 

of the wave train for a given period, by means of a triangular network (Evernden, 

1953, 1954). Although the tripartite phase velocity method was designed to handle 

surface waves incident upon the array from any azimuth, the results of Knopofj 

et at. (1967) showed that when the direction of propagation does not lie along 

one of the legs of the network, the phase velocities computed may be in significant 

error. To solve this limitation, Schwab and Kausel (1976) proposed the extension 
to quadripartite networks to solve this limitation. With only three stations of a 

tripartite array one must assume plane wave fronts; in order to allow for curvature 

of the wave fronts, a fourth station is included in the array. In the four stations 

method, the wave front is approximated by the arc of a circle diverging from, or 

converging toward a fixed point on the free surface. In the method proposed in this 

paper, the form of the reconstructed wave front is not fixed a priori. The difference 

in curvature between the reconstructed and the theoretical wave fronts gives us 

information about lateral heterogeneities in the lithosphere and upper mantle, both 

below the array and along the propagation path. 

4.2 Reconstruction of wave fronts: method 

In the geometrical optics approximation the wavefield in the frequency domain can 
be expressed as 

nCr, w) = A(r, w)eiwrCr,w) (4.2) 
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Wave fronts are surfaces of equal phase <P = w . r(r, w). The Eikonal equation 

1 'Vr 1 l/c2 determines the wave fronts, since it gives a constraint on the function2= 
r(r, w). In the right-hand side of the Eikonal equation for dispersive surface waves, 

c represents the local phase velocity. 

To reconstruct the wave fronts we first measure the phases of the fundamental 

Rayleigh mode as a function of the frequency. The phases are measured using the 

residual dispersion analysis method described by Dziewonski et al. (1972). The 

travel time function for each station is calculated by dividing the measured phases 

by w. For each event the station with the shortest epicentral distance is taken as 

a reference, and the difference between its travel time and the travel time of the 

other available stations is calculated. Afterwards, the time delays are averaged over 

frequency bands of 6 or 8 mHz, between 10 and 65 mHz. 

Next, we perform weighted fitting of the phase plane by forcing the delay time 

function to satisfy the delay time data while being as close as possible to a so

lution of the Eikonal equation. Our null hypothesis is that waves come in along 

the great circle and travel through the region of study with a fixed phase veloc

ity Cin' From all the functions r(r) that fit the measured delay time data, we want 

to find the one closest to our initial hypothesis, i.e. satisfying the Eikonal equation 

I 'Vr 1
2= 1/Cin 2, with Cin the phase velocity corresponding to a realistic laterally ho

mogeneous model. We apply thus a regularization based on the Eikonal equation; 

this criterion allows the reconstructed wave fronts to deviate from the ones in the 
laterally homogeneous reference model only when this is required by the data. The 

Mercator transformation is used 

y In (tan( ~)) (4.3) 
x <P 

with e and <p the colatitude and longitude. An optimum fit is achieved by mini

mizing the sum: 

2s = ~ 2)di - r(ri)]2 + (1 (3- €) J[ 1 'Vr 1 - ~ Fdxdy (4.4) 
'Y i Czn 

where di represents the delay time data, r(ri) the delay time after inversion and 

Cin the input phase velocity or the theoretical phase velocity we assume for a ho

mogeneous structure of the region of study; 'Y and (3 are scaling factors such that 
both terms in expression (4.4) are of order unity. All the stations have the same 

weight. As initial phase velocity we used values determined by Payo (1970) in the 
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Iberian shield by means of a Long Period Triangular Array. For the wave front 

reconstruction in Western Europe, the phase velocity model EUR (Zielhuis, 1991) 

was used as reference. It consists of a slightly modified PREM (Dziewonski and 

Anderson, 1981) with a 29 km thick crust. The second term incorporates all our 

a priori notions about the solution into r(ri)' 0::; { ::; 1 weights the relative im

portance of the two terms: if { is close to 0, the phase function is a solution of 

the Eikonal equation but with a relatively bad fit to the data, and vice versa if ( 

is close to 1. As eq. (4.4) is non-linear in r(ri), an iterative approach is needed. 

The minimization is performed by using a conjugate gradients method (Press et al., 

1966). The summation in the function S is over the pairs of stations. The gradient 

of the phase function is parameterized as a double sum of Chebyschev polynomials, 

o.,r=L:nmanmTn(x)Tm(Y) n=O, ... ,Nj m=O, ... ,M (4.5) 
oyr = L:nm bnm Tn(x) Tm(y) 

where Tn (x) represents the Chebyschev polynomial of order n and direction x. The 

condition 

(4.6) 

links the coefficients anm and the bnm , so that the coefficients bnm with n > 0 can 

be expressed in the anm . 

The wave fronts are represented by lines connecting equal time delays. Note that 

in the 2nd term of the function 5, the regularization term, there is no information 

about the direction of the gradient of the phase, but only about its norm. In other 

words, with this method we can obtain information about the direction of propaga

tion of the waves without an a priori assumption for this direction. We calculate the 

angle (Yi (Xi, Yi) between the theoretical wave fronts (i.e. which corresponds to waves 

that had travelled through a homogeneous medium with a phase velocity Gin) and 

the reconstructed wave fronts (i.e. calculated using measured phase differences). For 

this, we use the computed phase gradient vectors for both wavefields. The values 

obtained in the region covered by the stations are averaged to give a mean value of 

the angle: 

(4.7) 

where n is the number of grid points (Xi, Yi) used for the inversion. In the inversion 
of the ILIRA data, a grid of 20 x 20 points has been used. By definition, a clock

wise rotation of the experimental wave fronts with respect to the theoretical ones 
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Locations of the ILIHA-NARS stations 

Figure 4.1. Station configuration of the NARS network during the ILIHA project. 

gives negative angles, while an anticlockwise rotation implies positive values. The 

standard deviation of the values is calculated as 

(4.8) 

4.3 The ILIHA data 

The data used in the first part of this study are the fundamental mode Rayleigh 

waves recorded by the NARS stations during the ILIHA project. In the Broadband 

Seismology Subproject (BSS), thirteen 3-component broadband (0.01-1 Hz) digital 

stations of the NARS network were installed in Spain and Portugal for a period of 

one year (1988-1989), to record body waves and surface waves of teleseismic and 
local earthquakes (Paulssen, 1990). The station configuration is shown in Figure 4.1. 

Table 4.1 lists the coordinates of the NARS-ILIHA stations. We have selected 



82 Chapter 4 

station latitude longitude 

NE13 38.685 -4.091 

NE14 37.190 -3.595 

NE17 39.881 -4.049 

NE19 42.458 -2.503 

NE20 36.853 -2.460 

NE21 40.403 -7.537 

NE22 36.728 -4.411 

NE24 38.355 -0.487 

NE25 40.821 0.493 

NE26 42.886 -8.552 

NE27 38.532 -8.013 

NE28 41.414 -5.755 

NE30 42.160 2.645 

Table 4.1. Coordinates of the NARS-ILIHA stations. 

earthquakes for which the surface wavetrain has been recorded at a minimum of 

4 stations. The frequency band of the analysis is 10 to 60 mHz, but for most 

events the data are available in a narrower band. This is due either to a decrease of 
signal over noise ratio inside the frequency band of interest, either to interference of 

different wavetrains which prohibit the measurement of a reliable phase at several 

frequencies. Among the earthquakes that were initially selected, the ones that gave 

very irregular phase velocities were rejected so that only the nine earthquakes listed 
in Table 4.2 have been finally used. Figure 4.2 shows the seismic trajectories over the 

Earth surface assuming that the waves travel along great circle paths. In Table 4.3, 

the stations used for the inversions of each event are indicated. 

4.4 Discussion of results 

With the phase data available we reconstructed wave fronts for the events listed in 

Table 4.2, for frequencies between 10 and 50 mHz and for frequencies up to 62 mHz 

for the Azores event (nr. 1). We tried both 2nd (N = 2, M = 2) and 4th (N = 4, M = 4) 
order polynomials to adapt the phase function by iteration. For the number of points 
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Great circle paths for the events used 

Figure 4.2. Great Circle paths for the events used. Circles represent the location of 

the epicenters; the triangle the location of the seismological network. The numbers 

refer to the earthquakes in Table 4.2. 

nr. date time (UT) lat Ion z (km) mb Ms 

1 1988 07 22 11:11:30.5 39.8 -29.6 10. 5.0 5.3
 

2 1988 08 06 00:36:24.6 25.1 95.1 92. 6.8 7.2
 

3 1988 08 08 19:59:31.1 63.5 02.4 10. 5.6 5.3
 

4 1988 08 11 03:05:40.5 49.2 -28.4 10. 5.4 5.2
 

5 1988 08 14 17:53:9.75 -27.2 -71.1 33. 5.7 6.5
 

6 1988 09 22 07:52:00.0 26.5 -44.7 10. 5.3 5.2
 

7 1988 11 01 22:31:08.8 -57.2 -25.1 33. 5.9 6.1
 

8 1988 12 13 04:01:38.3 71.1 -07.8 10. 5.7 5.6
 

9 198902 13 15:14:47.6 57.4 -33.2 10. 5.2 5.2
 

Table 4.2. Details concerning the events used. 
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nr. stations region 

1 NE: 13,14,20,21,22,24,25,27 Central Atlantic Ridge 

2 NE: 17,21,25,26,27 Thailand 

3 NE: 14,17,21,22,24,25,26 Norway 

4 NE: 13,17,21,22,25,26 North Atlantic Ridge 

5 NE: 14,17,21,22,25,26,27 Chile 

6 NE: 17,21,24,26,27,28 Mid. Atlantic Ridge 

7 NE: 19,20,24,25 Atlantic-Indian Basin 

8 NE: 14,19,20,26 Greenland Basin 

9 NE: 13,20,21,22,26,27,28 North Atlantic Ridge 

Table 4.3. Stations used for each event. The region where the epicenter is located is 

a/so given. 

available (we had a maximum of 7 pairs of stations per event), not much difference 

is observed after both inversions, using different values of f. in the range between 

0.25 and 0.75. The results are given for the 4th order polynomial inversion and for 

f. = 0.5. In Figures 4.3 and 4.4, two examples are shown for events with a north

west (event nr. 4) and north-east (event nr. 2) back-azimuth respectively. Only the 

direction of approach and the relative spacing of the lines are relevant, not the fact 

that the theoretical and the reconstructed wave fronts are shifted. This is due to 

the fact that the reconstruction is performed using phase differences. Wave fronts 

are only reconstructed in the region sampled by the stations. All the events studied 

show a reasonable agreement between the theoretical and the reconstructed wave 

fronts; to a great extent, it seems that waves arrive along the great circle direction. 

We should point out that changes on the starting velocity Cin of about 0.1 km/s 

gave variations of less than 2 degrees on the mean value of the angle. Two kinds of 

deviations from the shape of wave fronts in a homogeneous model are observed in 

the reconstruction of the wave fronts: a difference in the direction of arrival of the 

wave, and a difference in the curvature of the fronts. Waves crossing the Iberian 

Peninsula carry information about both the structure below Iberia and the path 
followed before reaching this region. A difference in the direction of arrival indi

cates a deviation of the true wave path from the source-receiver minor arc, possibly 

due to refraction, scattering or/and multipathing effects before arriving to Iberia; a 
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difference in curvature is an evidence of lateral heterogeneity both below Iberia and 

along the entire path. 

On averaging the angles we have mixed these two effects. The value of the stan

dard deviation can be helpful to distinguish one effect from the other: a relative high 

standard deviation implies a difference of curvature between the two kinds of fronts, 

which may correspond to any value of the average angle; a low standard deviation 

indicates that the curvature of the wave front is similar to the geometrical one, and 

suggests a systematic deviation of the reconstructed wave fronts due to a differ

ent arrival direction. Figure 4.3 shows a typical example of wave front curvature 

difference, while Figure 4.4 gives an example of a larger difference in direction of 

arrival. In Figure 4.5, the angles measured are displayed as a function of frequency. 

Symbols represent the average value of the angle in the area used for the inversion; 

vertical bars indicate the standard deviation of these results. In Figure 4.5a results 

for events with an epicenter located in the North and Central Mid. Atlantic Ridge 

with a pure oceanic great circle path are presented, whereas Figure 4.5b shows the 

results for events with more diverse epicentrallocations and with a great circle path 

partly oceanic and partly continental. Event nr. 2 is the only event with a pure 

continental path. 

For the events from the North and Central Mid. Atlantic Ridge, with a NW, West 

and SW back-azimuth (ur. 1, 4, 6 and 9 in Figure 4.5a), a difference in curvature 

is the dominant feature for all frequency bands, with values of the average angles 

much closer to zero than for the events in Figure 4.5b. In this case, waves have 

been travelling along a relative short homogeneous oceanic path before reaching the 

Peninsula. This small deviation of the wave fronts from the great circle direction 

in the range of frequencies used was already observed by Payo (1970) and Badal 

et al. (1990), and explained as an effect of the continental margin. For the event 

nr. 9, a general increase of the value of the angle and a decrease of the standard 

deviation with the frequency is observed. This means that for higher frequencies 

the deviation from the great circle path becames more important. This is what we 

in general would expect, since higher frequencies sample shallower depths with a 

more complex structure. However, this is not what we observe for all the events. 

For the Azores event (ur. 1), for which a wider frequency band has been studied, the 

behaviour of the curve is quite irregular. This was already observed by Payo (1970) 

who indicated that these differences in the behaviour of the curves may be due to 

differences in the structure along seismic paths. For the events with a north and 
south back-azimuth (ur. 3, 7, 8 in Figure 4.3), a difference in curvature is dominant 
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Event 4, 'fm=30.3 mHz, cin=3.85 km/s 

Ref: NE26 

a = -0.80 

an = 3.20 

Figure 4.3. Reconstruction of the wave fronts for the North At/antic Ridge 

event (nr. 4) of August 11, 1988, for a center frequency of 30.3 mHz. Solid lines give 

the wave fronts obtained from the inversion of the measured phase delays; dashed 

lines give the wave fronts corresponding to a homogeneous model with a reference 

phase velocity of 3.85 km/s. The inversion has only been performed in the region 

covered by the stations, The mean value for the angle in this region is -0.8 ± 3.2 
degrees. The circles represent the location of the stations used. Only the direction 

and the spacing of the lines are relevant, since they have been reconstructed using 

phase differences. 

for frequencies up to 30 mHz whereas for higher frequencies a clear deviation from 

the great circle path is observed: in general, higher angle values and smaller standard 

deviations are observed for higher frequencies. For these events, the waves have 

crossed several continental margins to the North (North of Scotland and Bay of 

Biscay, events nr. 3 and 8) and to the South (Coast of West Africa and Alboran Sea, 

event nr. 7). This last region is characterized by a complex lithospheric structure 

due to the active tectonic history (Paulssen, 1990). The fact that for some events 

the deviation increases at lower frequencies may come from less precise phase 
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Event 2, ·fm=21.8 mHz, cin=3.90 km/s 

Ref: NE25 

a= 7.90 

(In = 0.60 

40 N 

36 N L....=::::::;;:==~~~o-:------Y===::::::::1 
8W 4W 0 

Figure 4.4. Same as Figure 4.3 for the event Thailand event (nr. 2) of Au

gust 6, 1988. 

measurements. For the Chile event for which waves have travelled through the South 

American plate and along the Atlantic Ocean, an irregular pattern is observed: for 

frequencies around 25 and 35 mHz it seems that there is a clear deviation from 

the great circle direction, with high values for the average angle and low standard 

deviation; for lower and higher frequencies, a difference in curvature between the 

reconstructed and the theoretical wave fronts is observed. For the Thailand event 

(see Figure 4.4), the reconstruction of the wave fronts suggests that the waves have 

travelled along another path than the great circle. This event gives the highest value 

(about 8 degrees) for frequencies between 10 and 25 mHz. This event has some 

complex waveforms; this is not surprising since the waves have travelled through 

complex continental structures; this notwithstanding, it is surprising that simple 

wave fronts are obtained. Only frequencies up to 25 mHz could be used for this 

event, due to the difficulty in obtaining reliable phase measurements for higher 

frequencies. 
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Figure 4.5. Angles between wave fronts averaged in the region were the inversion 

has been performed. Vertical bars indicate the standard deviation. In the legend the 

number refers to Table 4.2. 
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From the curves on Figure 4.5 we see that the average angles obtained are small, 

up to 8 degrees, giving a relative error of less than 1% in the path-averaged value 

of the phase velocity: 

Ie I C I 1-cosO! 
f r = rea - mea. X 100% = X 100% < 1% (4.9) 

Creal cos O! 

The observed deviation of the direction of the wave front can, in principle, be 

related to horizontal gradient of the phase velocity using the theory of Woodhouse 

and Wong (1986). If the great circle approximation is valid, the direction of the 

observed wave fronts should match the polarization of the surface waves (Pau/ssen 

et a/., 1990; Levshin et a/., 1992). The small relative error obtained implies that, for 

the studied events and frequency bands, the great circle approximation can be used 

for dispersion measurements. However, the fact that a good agreement between 

the reconstructed wave fronts is achieved does not imply that the structures are 

smooth on a scale of the wavelength: one should not forget that because of the 

regularization in eq. (4.4), we have selected the solution that satisfies the Eikonal 

equation as good as possible, among all the ones that satisfy the data. As pointed 
out by Snieder (1988), S-velocity models reconstructed using surface wave scattering 
theory bear a close resemblance to models constructed largely based on surface wave 

dispersion measurements, with horizontal length scale comparable to the wavelength 

of the surface waves used, in which case scattering and multipathing may occur. 

Apparently, traditional methods for measuring phase velocities are rather robust 

to violations of the requirement that the heterogeneity is smooth on a scale of the 

wavelength. It seems that for a network of the size of IURA, the distance between 

stations is too small with respect to the wavelengths involved in this study, for 

the wave fronts to carry accurate information about the structure below Iberia. It 

follows that, for the periods used, we find smooth wave fronts satisfying the phase 

reasonably well, even though this does not mean that the structure is smooth. 

Having more wavelengths inside the network, i.e. working at higher frequencies, we 

would expect more complex wave fronts, giving more detailed information about 

the structure below Iberia. The problem is to find phase data at these frequencies; 
even for oceanic paths, at periods smaller than 20 s the rnultipathing is very strong, 
and we found it very difficult to get results as method-independent as possible. 
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4.5 Wave fronts reconstruction in Western Europe 

The method to reconstruct wave fronts described in Section 4.2 has also been applied 

to recordings across Western Europe. Note that this region is significantly larger 

than the Iberian peninsula studied in previous sections. However, although the 

number of broadband stations in Western Europe has increased considerably dur

ing the last decade, their spatial distribution is unfortunately very uneven. Most 

stations are confined to relative dense regional networks with large gaps between 

different arrays. Furthermore, not all data from stations installed in Western Eu

rope are available. Nevertheless, with the limitations of this uneven sampling of 

the area in mind, wave fronts have been reconstructed for six events with different 
back-azimuths. The complete study is described in Hartog (1994). In general, as 

for the ILIHA data, little deviation from the great circle direction is observed for 

the fundamental mode Rayleigh waves. For most events the absolute value of the 

average deviation angle across the area covered by the stations does not exceed 

8 degrees. However, only frequencies in the range between 10 and 65 mHz were 

analysed. 

Two interesting examples are shown here. The first one concerns the results 

obtained for the event November 6th, 1990, with the epicenter located off the coast 

of Alaska. For this event, and for low frequencies from 10 mHz up to 25 mHz, i.e. for 

a period larger than 40 s, surface waves arrive rotated clockwise with respect to the 

great circle azimuth. This effect is not observed for higher frequencies. For instance, 

for a frequency of 25 mHz, surface waves arrive slightly rotated to the opposite 

direction. For frequencies higher than 40 mHz, a larger anti-clockwise deviation 

was observed. However, for these high frequencies the phase time measurements are 
not very reliable. This is illustrated in Figure 4.6, were reconstructed and theoretical 

wave fronts are shown for center frequencies of 12.5 and 25 mHz. Figure 4.6a shows 

that, for a frequency of 12.5 mHz, the average angle between reconstructed and 

theoretical wave fronts is about 5° clockwise; in Figure 4.6b, the deviation is close to 
ofor a frequency of 25 mHz. Note that the standard deviation is small. This suggests 

that the deflection of the wave field takes place along the propagation path before 

reaching the reference station EKA in the United Kingdom. An hypothesis is that 

the deviation is due to the higher velocities in the mantle beneath the Scandinavian 

shield, compared to the adjacent ocean. 

The second example refers to the event September 9th, 1992, in the Svalbard 
region. For this event, the fundamental mode Rayleigh wave arrives also roughly 
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(a) fm=12.5 mHz, a == -5.08, 0" = 1.90 
BON 

55N 

50N 

45N 

40N 

35N 

10W 0 10E 20E 30E 

(b) fm=25 mHz, a = 0.88, 0" = 1.45 
BON 

55N 

50N 

45N 

40N 

35N 

10W 0 10E 20E 30E 

Figure 4.6. As Figure 4.3 for the Alaska event of November 6, 1990, for a center 

frequency of (a) 12.5 mHz, and (b) 25 mHz. For simplicity, in the U.K. only the 

names of few stations is given. 
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fm =20 mHz, a. =0.36, cr =2.1055N 

50N 

45N 
f 

15W 10W 5W 0 5E 10E 15E 20E 

Figure 4.7. As Figure 4.3 for the Svalbard event of September 9, 1992, for a center 

frequency of 20 mHz. Only the name of the arrays is given. 

from the north. Accordingly, station EKA (UKNET array) has been used as refer

ence. Contrary to the previous event, the average angle between reconstructed and 

theoretical wave fronts is close to 0 for frequencies up to 40 mHz (i.e. for periods 

larger than 25 s). This is illustrated in Figure 4.7 for a center frequency of 20 mHz. 

Note that few stations could be used for this event. An interesting feature in this 

figure is that, although the average angle is close to 0, the curvature of reconstructed 

wave fronts with respect to theoretical wave fronts beneath the UKNET network, 

is different than the curvature observed beneath the NARS array and the GSRN 

stations. This suggests that the divergence of the true surface wave in the true earth 

is stronger than in the laterally homogeneous reference model, since the increased 

divergence of the surface waves leads to a decreased curvature of the wave fronts. 

In this case, the value of the average deviation angle does not contain significant 

information. 

4.6 Conclusions 

In this study it has been found that for surface waves travelling mostly through 

oceanic paths before reaching the region of study, and for frequencies between 10 

and 65 mHz, a good agreement is achieved between the direction of arrival of the 
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fundamental mode of the Rayleigh waves and the great circle. Angles up to 8 degrees 

have been obtained between true and theoretical wave fronts, which represents a rel

ative error of less than 1% in the path-averaged value of the phase velocity. This very 

good fit of the phase data with simple wave fronts shows that the traditional meth

ods for measuring phase velocities of surface waves are rather robust. One should 

not forget that few data have been used: only low frequencies for waves travelling 

mostly through an oceanic path before reaching the receivers. At higher frequen

cies the strong multipathing makes it very difficult to get phase measurements as 

method-independent as possible. An alternative to the wave front reconstruction 

method is beamforming analysis. To perform beamforming, a relatively dense ar

ray is also needed. Particularly the size of the NARS-NL network is adequate for 

beamforming analysis in a period range of 20 to 100 s. This technique and some 

results applied to NARS data are described in the next chapter. 
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Constraints on the Velocity Structure 

Beneath the Tornq uist-Teisseyre Zone From 

Beamforming Analysis 

5.1 Introduction 

The Tornquist-Teisseyre Zone (TTZ) is generally regarded as a large deep suture 

zone that separates the ancient and stable Precambrian crust of the East Euro

pean Platform (EEP), from the significantly younger and tectonically active crust 

of central and western Europe. This major tectonic lineament strikes NW-SE from 
southern Scandinavia through Poland to the Black Sea. Geophysical studies, par

ticularly Deep Seismic Sounding (DSS, e.g. Guterch et al., 1986) and field inves

tigations, have shown that the TTZ is a relatively narrow zone with a maximum 

width of about 90 km at the surface in southeast Poland, and with significant lateral 

variations extending into the lower crust. For instance, a number of studies reveal 

a crustal thickness beneath the EEP which ranges from 40 to about 55 km, while in 

the western and central part of Europe (hereafter called the Tectonic Europe, TE) 

it varies from 25 to 35 km (Guterch et al., 1986; Meissner, 1986; Blundell, Freeman 

and Mueller, 1992). 

Several body wave and surface wave studies have shown that this geological 

boundary extends down to the upper mantle. Hurtig, Grass and Oesberg (1979) 

showed by fitting traveltime curves that in the depth range between 100 and 300 km 
the P-velocity beneath the EEP is generally higher than that beneath central Eu

rope. Results from P-wave tomography (Spakman, van der Lee and van der Hi/st, 

95 
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1993) showed a high-velocity anomaly which aligns rather well with the western 

boundary of the EEP. Schweitzer (1995) has recently derived a P-velocity model 

which shows a structural anomaly between eastern and western Europe down to a 

depth of at least 200 km. This transition across the TTZ is also observed in the 

S-velocity models. As an example, Snieder (1988) showed a sharp transition be

tween 100 and 200 km near the TTZ, by using a surface wave scattering theory to fit 

Rayleigh waveforms. With a different inversion method and dataset, Zielhuis and 

Nolet (1994) derived a 3-D S-velocity model that reveals a sharp lateral boundary 

beneath the line that defines the TTZ at the surface, which extends down to a depth 

of, at least, 140 km. In their model the largest velocity contrast (12%) is obtained 

at a depth of about 80 km, between the higher velocities at the Russian Platform 

and the lower velocities beneath the Pannonian Basin. In Poland, they found a 

velocity contrast across the TTZ of approximately 8.5% at a depth of 80 km, and 

4.5% at a depth of 140 km. Recent work by Lomax and Snieder (1995) confirms 

these previous results. They use a genetic algorithm to invert fundamental Rayleigh 

group-velocity estimates for waves crossing the EEP and TE to determine average 

layered S-wave models at both sides of the TTZ. Their results indicate a thicker 

crust and a up to 7% higher "average" S-velocities in the upper 100 km of the man

tle beneath the EEP than beneath the TE. With a different approach, Passier and 

Snieder (1995) also observe a strong S-velocity contrast of approximately 9% below 

a depth of approximately 80 km. Furthermore, from their results a conservative 

upper limit for the width of the TTZ of about 600 km can be found in the upper 

mantle beneath central Poland. 

The purpose of our work is (1) to find independent evidence for this S-velocity 

contrast in the upper mantle beneath the TTZ, and (2) to study if with our data it 

is possible to constrain the horizontal velocity gradient across the boundary and to 

give a lower bound for the width of this transition zone as a function of depth. We 

perform beamforming of fundamental mode Rayleigh waves travelling from south

east Europe to the NARS-NL array in the Netherlands. We use events located at 
both sides of the TTZ (e.g. in the Caucasus and in the Balcan). From the beam

forming experiments at different frequency bands we can measure the slowness and 

direction of propagation of the arriving wave packets at the array. The azimuthal 

deviation of the direct Rayleigh waves from the events at the eastern side of the 

TTZ, and the observed refraction of a surface head wave initially travelling along the 

boundary give independent evidence of the velocity contrast along the path found 

in earlier investigations. In addition, we focus in the study of the Rayleigh wave 
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coda for the events located at the western side of the boundary. The existence or 

absence of reflections at this transition zone could give a constraint on the horizon

tal velocity gradient. Furthermore, from its frequency-dependence we could retrieve 

information on the depth-dependence of the heterogeneity. 

5.2 Beamforming analysis: method 

A way to retrieve information about lateral heterogeneity on a regional scale, is to 

study the deviation from the great circle azimuth and the change of the slowness of 

surface waves propagating in the crust and upper mantle. The azimuth of arrival and 

the slowness of wave packets that arrive at a station can be measured by performing 

beamforming on the recordings across an array of stations. This approach was 

already used by Bungum and Capon (1974) and Levshin and Berleussen (1979), who 

studied the anomalous propagation of Rayleigh waves recorded at NORSAR (the 

Norwegian Seismic Array) in order to obtain information on lateral heterogeneities. 

The standard beam consists of an algebraic sum of records, each shifted in time 

by a proper amount so that the given signal-arrival time becomes common at all 

stations. If the propagation velocity and azimuth of approach are not known in 

advance, all possible beams can be formed and the one that gives the clearest signal 

is selected (Aki and Richards, 1980). Beamforming can be performed either in the 

time domain or in the frequency domain. However, to avoid difficulties (Capon et 

al., 1967) beamforming analysis is often carried out in the frequency-wavenumber 

domain. The frequency-wavenumber power spectrum of the beams formed carries 

information about the amount of power distributed among different wave velocities 

and directions of approach, and gives a direct insight into the wavefield (Aki and 

Richards, 1980). 

A number of techniques for computing frequency-wavenumber power spectra 

are described in the literature. They often differ in the choice of weighting scheme 

applied to the different records (e.g. Abrahansom and Bolt, 1987; Goldstein and 

Archuleta, 1991). In this paper we use the Frequency-Wavenumber Coherent Signal

Subspace (FWCSS) analysis technique to find the horizontal slowness of arrival 

across a network of seismic sensors. FWCSS is modified from frequency-wavenumber 

programs originally written by Abrahansom (Abrahansom and Bolt, 1987) and by 

Chiou (Chiou and Bolt, 1993). It uses the Coherent Signal-Subspace (CSS, Chiou 
and Bolt, 1993) algorithm, designed for broad-band multiple-signal detection and 
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slowness-vector estimation. This algorithm provides high signal resolution and reli

able slowness estimation in array analysis. Although we use narrow-band data, the 

high-resolution ability of this method is very useful for our study of wave scattering, 

where the separation of closely spaced signals is essential. 

To evaluate the uncertainty in the estimation of the direction of approach, we 

use as criteria (1) the accuracy of the results obtained after performing beamform

ing on synthetic data, and (2) the difference between the retrieved azimuth values 

for each time window within the same packet of energy and their corresponding av

erage. Based on these diagnostics, we estimate the error bar to be generally smaller 

than ±3° for the direct wave. 

5.3 Data selection 

In this study we analyse the vertical component of fundamental mode Rayleigh 
waves recorded across the NARS-NL array. The array configuration is shown in 

Figure 5.1. It consists of 13 portable digital broad-band NARS stations (Dost, 
1987) deployed in The Netherlands, Germany and Belgium since the autumn 1989. 

Table 5.1 lists the coordinates of the stations. Sampling rate of the recordings is 

8 samples per second. The horizontal extend of the array (L) in the north-south and 

east-west direction is approximately 200 km, which gives a fairly good 2-D distri

bution that ensures no significant azimuthal anomalies in the array response. The 

average station separation (D) is about 40-50 km. The size of the array determines 

the apatial frequency interval that can be studied. On the one side, to avoid spatial 

aliasing the Nyquist criterion needs to be satisfied, i.e. the wavelength of the waves 

cannot be shorter than 2xD. On the other side, we assume that waves with half 

a wavelength larger than the extent of the array (L) cannot be resolved very well. 

Taking these two resolution criteria into account, direct Rayleigh waves and its coda 

are here investigated in the period range of 20 to 100 s. 
In this study we have used events located at both sides of the Tornquist-Teisseyre 

Zone (TTZ) within the region 30° ~ latitude (N) ~ 500 and 18° ~ longitude (E) ~ 50° 

(see Figure 5.2), that were recorded at a minimum of seven stations well-distributed 

across a 2-D area. The thirteen selected earthquakes are listed in Table 5.2. Fig

ure 5.2 shows the great circle paths from the epicenter of the events to the center of 

the NARS-NL array. As mentioned above, the period band of analysis is generally 

20 to 100 s. However, for the events with the shortest epicentral distance (events 
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station latitude longitude 

NE04 52.81 6.67 
NE05 52.09 5.17 

NE15 50.87 5.78 

NE31 52.26 7.01 
NE32 52.18 5.81 

NE33 50.61 6.01 

NE34 52.31 7.77 
NE35 51.97 7.35 
NE36 51.44 7.27 

NE38 52.50 6.26 
NE39 51.34 6.54 

NE40 51.97 6.73 
NE41 51.82 5.97 

Table 5.1. Coordinates of the NARS-NL stations. 

nr~ date time lat Ion z(km) M s N 

1 90/05/31 00:17:48.2 45.8 26.8 90 6.1 10 
2 90/06/20 21:00:10.9 37.0 49.4 19 7.4 11 

3 90/12/21 06:57:43.2 41.0 22.3 13 6.0 9 
4 91/04/29 09:12:48.1 42.4 43.7 17 6.9 12 
5 91/04/29 18:30:41.0 42.5 43.9 10 6.1 12 
6 91/06/15 00:59:20.4 42.4 44.0 9 6.2 11 
7 91/07/12 10:42:21.9 45.4 21.0 11 5.7 10 

8 91/07/19 01:27:32.5 45.3 21.0 10 4.9 11 

9 91/12/02 08:49:40.6 45.5 21.1 10 5.6 10 
10 92/03/13 17:18:39.4 39.7 39.6 23 6.8 11 
11 92/10/23 23:19:45.2 42.6 45.1 16 6.4 8 

12 92/11/18 21:10:41.2 38.3 22.4 12 5.7 8 

13 92/11/21 05:07:21.3 35.9 22.5 65 6.0 7 

Table 5.2. List of events used in this study. N is the number of stations used in the 

beam/orming analysis. 
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Figure 5.1. NARS-NL array configuration. 
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Figure 5.2. Map showing the great circle paths for the events used. Circles represent 

the location of the epicenters; the triangle the location of the NARS-NL array. Num

bers refer to the earthquakes in Table 5.2. The Tornquist- Teisseyre Zone (TTZ) is 

also depicted (thick dark grey line). 

40
 



101 Velocity structure beneath the TTZ 

nr. 7, 8 and 9) the seismograms triggered on the surface waves and only the data 

for periods shorter than 40 s are available for analysis. 

5.4 Beamforming experiments 

We perform beamforming for the thirteen events shown in Figure 5.2 (see also Ta

ble 5.2). A moving window analysis is applied to the direct Rayleigh wave and its 

coda to compute 2-D frequency-slowness spectra. The length of the windows varies 

depending on the frequency, ranging from 512 s for the largest periods to 128 s for 

the shortests ones, with 15 s overlap between the successive windows. Each data 

window is tapered using a double-cosine bell taper which acts on the entire length 

of the window. The period range 20-100 s is divided into six subintervals and the 

records are bandpassed with center periods around 21, 25, 32, 40, 70 and 85 s. Fig

ures 5.3-5.5 show three representative examples of the bandpassed traces together 

with the unfiltered data for events located in the Caucasus, Greece and Romania, 

respectively. The frequency-slowness spectrum is determined for each frequency in 

order to obtain information on the depth dependence of the heterogeneity. We ap

ply array steering using a chosen steering slowness s~(sxo,SyJ. This vector defines 

a plane wave arrival across the array and the corresponding time delays at each 

station. The start time of each data trace is then shifted using the time delay at 

the corresponding station location. This has the effect of aligning the time windows 

from each seismogram with respect to the relative arrival time across the array 

of the plane wave defined by the specified s~' For each period band, the steering 

slowness is calculated using an average direction of approach at the array along the 

great circle and taking the phase velocity given by the M7 model for western Europe 

( Nolet, 1977). 

Some representative beamforming results are shown in Figures 5.6-5.10. For 

the events located at the eastern side of the TTZ on the East European Platform 

(nr. 2, 4, 5, 6, 10 and 11; see Figure 5.2), the most obvious feature is the clear 

deviation (about 10 0 to the north) of the wave propagation paths of the fundamental 

mode signal relative to the great circle. This deviation is observed for periods of 

approximately 40 s and larger. An example is illustrated in Figure 5.6 for the 

Caucasus event 921023 (nr. 11), and for a center period of 85 s. In the top panel 

the Rayleigh waveform recorded at station NE34 is displayed as reference. In the 

middle panel we observe that the energy arrives clearly off the great circle direction, 
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Event nr. 11 at station NE34
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Figure 5.3. Vertical Rayleigh wave component recorded at station NE34 for the 

Caucasus event 921023 (nr. 11). The trace has been bandpassed around a center 

period of, from top to bottom, 85, 40, 32, 25 and 21 s; the unfiltered seismogram is 

shown at the bottom of the figure. 
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Figure 5.4. As Figure 5.3, for the Greek event 921118 (nr. 12) recorded at station 

NE04· 
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Event nr. 7 at station NE40
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Figure 5.5. As Figure 5.3, for the Romanian event 910712 (nr. 7) recorded at station 
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with an average deviation of 10° to the north. Taking into account the error bound 

of about ±3°, we conclude that the deviation observed is significant. This feature is 

also observed in the slowness diagram depicted in the bottom panel. For the shorter 

periods (i.e. shorter than 40 s), the deviation observed for the direct Rayleigh wave 

from the great circle azimuth is clearly smaller than for the larger periods. However, 

its coda arrives at the array with an azimuthal deviation ranging from 10° to 20° to 

the south, depending on the event and on the period. In Figure 5.7 the same event 

shown in the previous figure is displayed, but now for a center period of 32 s. In the 

top panel, the bandpassed waveform represents the trace recorded at station NE34. 

We observe the S-wave arriving at about 600 s followed by the direct Rayleigh wave 

around 775 s and surface wave coda between 1000 and 1200 s. In the middle and 

lower panel we can see that the S-wave arrives along the great circle direction with 

a small slowness due to its more vertical propagation beneath the array. The direct 

Rayleigh wave arrives a few degrees (less than 5°) rotated to the north, which is not 

very significant if we take into account the error bound of the azimuth determination. 

Interestingly, as mention above, the surface wave coda arrives deviated about 10° to 

the south. Note that the absolute value of the slowness of the direct Rayleigh wave 

and its coda is fairly similar, and that the period of the latter is slightly shorter. 

For the events located at the western side of the TTZ on the Balcan and in 

the Aegean region/arc (m. 3, 7, 8, 9, 12 and 13), the propagation of the waves is 

not influenced by the TTZ. Through the entire period range the direct Rayleigh 

wave arrives along the great circle direction. A representative example is shown in 

Figures 5.8 and 5.9, for the Peloponesos event 921118 (m. 2) at a center period of 

85 s, and for the event 901221 (m. 3) around 32 s, respectively. Furthermore, for 

periods shorter than about 40s, some coda energy seems to arrive deviated from the 

great circle azimuth. However, the deviation ranges from 30° to 50° to the south, 

which indicates that the waves have definitely not been reflected at the Tornquist

Teisseyre boundary. Rather, given the group velocity of the surface waves and the 

arrival time at the array, the reflections are more likely to have taken place near 

the Alps. This is exemplified in Figure 5.9. In the seismogram the direct Rayleigh 

wave and the coda can be identified. For this period band the S wave can hardly be 

distinguished from the noise. Note that, in the middle and bottom panel, the energy 

corresponding to both the S and the Rayleigh waves arrives along the great circle 

direction. On the contrary, the coda has been clearly deviated southward from the 

great circle. 
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Event nr.11 at T=85 s 
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Figure 5.6. Beamforming results for the Caucasus event 921023 (nr. 11), for a 

center period of 85 s. (Top panel): Rayleigh waveform recorded at station NE34. 

(Middle panel): direction of approach at the array. Circles correspond to the az

imuth value associated with the maximum in the power spectrum for each time win

dow. The solid line indicates the great circle azimuth. (Bottom panel): horizontal 

slowness diagram. Slowness components are defined relative to the right-handed co

ordinate system with x pointing to the east and y pointing to the north. The true 

azimuth event is indicated by the solid line (95 0 
). This diagram is a summary of 

the frequency-wavenumber results for each time window: circles correspond to the 

slowness associated with the maximum power for each time window. 
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Event nr.11 at T=32 s 
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Figure 5.7. As Figure 5.6 for a center period of 32 s. The S-wave, direct Rayleigh 

wave and surface wave coda are represented by filled triangles, circles and squares, 

respectively. 
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Event nr.12 at T=85 s 
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Figure 5.8. As Figure 5.6 for the Greek event 921118 (nr. 12). The trace is recorded 

at station NE04. 
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Event nr.3 at T=32 s 
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Figure 5.9. As Figure 5.6 for the Greek event 901221 (nr. 3) and a center period 

of 32 s. The trace is recorded at station NE31. Symbols as in Figure 5.7. 
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Event nr.1 at T=85 5 
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Figure 5.10. As Figure 5.6 for event 900531 (nr. 1). The seismogram plotted cor

responds to station NE31. 
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There is a Romanian event 900531 (m. 1) which cannot be classified in any of 

the two groups described above. This event is particularly interesting due to its 

geographical location, close to the TTZ. Large periods down to 40 s arrive strongly 

deviated to the north (about 250 to 300 
; see an example in Figure 5.10) compared to 

the great circle direction. This phenomenon is not observed for waves with a period 

of about 40 s. Due to the relatively large source depth, the parameters obtained 

from the beamforming analysis for the fundamental Rayleigh wave at shorter periods 

(T ~ 32 s) are very unstable and are not reliable for interpretation. 

5.5 Why refractions? 

The observed refractions for the events located at the eastern side of the TTZ (on 

the EEP) are consistent with previous works. A number of studies have shown 

that upper mantle shear-wave seismic velocities beneath the Precambrian EEP are 

between 7 and 12% higher than those beneath the central and west Phanerozoic 

Europe (e.g. Hurtig et al., 1979; Snieder, 1988; Spakman et al., 1993; Zielhuis 

and Nolet, 1994; Lomax and Snieder, 1995; Marquering and Snieder, 1995). This 

explains the rotation to the north of the direct Rayleigh wave in the period range of 

40 to 100 s. At these periods, waves sample the upper mantle at both sides of the 

boundary and encounter higher velocities at the eastern side. In contrast, shorter 
period surface waves are predominantly sensitive to variations in the Moho depth, 

and are refracted in the opposite way arriving at the array with a deviation to the 

south compared to the great circle direction. This confirms the results by e.g. Lomax 

and Snieder (1995), who found that relative to the EEP data, the TE data show 

generally higher group velocities in the period range of 18-40 s, and lower velocities 

at periods greater than 50 s. The acceptable S-velocity models derived from this 

group-velocity measurements show a thicker crust beneath the EEP (from about 35 

to 40 km) compared to the crust beneath the TE (25 to 30 km). Hence, shorter 

period surface waves sample mostly the crust at the eastern side of the TTZ, while 

at the western side they sample both the crust and the mantle and encounter an 

average higher velocity in the later part of their path. 

Up to this point, we have given a qualitative interpretation to explain the ob

served refractions. However, does an average velocity contrast of 10% justify a 
deviation of about 10 0 from the great circle direction? The work by Pussier and 

Snieder (1995) seems to answer this question. Passier and Snieder have devel
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oped an algorithm to retrieve path-averaged horizontal S-velocity gradients from 

inverting differential waveform data. Particularly interesting are their results for 

the event of May 5, 1986 located in Turkey and recorded at KaNa (WWSSN, 

south Norway) and at NE04 (NARS-NL array). The two corresponding Rayleigh 

waves sample respectively the EEP and the TE, with the great circle paths almost 

parallel to the TTZ (see Figure 5.11). Passier and Snieder (1995) inverted the 

frequency-dependent phase differences between the two recordings and found the 

path-averaged horizontal S-velocity gradient in the region between the two paths, 

i.e. across the TTZ. The most striking feature in the model retrieved is the velocity 

contrast of about 9% below a depth of approximately 80 km (see Figure 14 in their 

paper). Similarly, for the October 23, 1992 event in the Caucasus (nr. 11 in Fig

ure 5.2; see also Figure 5.11), they inverted the differential waveform data recorded 

at stations NE04 and NE15. The resulting model indicates an average S-velocity 

1% higher for the path to NE04, at a depth between 50 and 200 km. Taking into 

account that the path to NE04 across the EEP is about one tenth larger than that 

to NE15 on the EEP, they conclude that in the latter experiment the contrast across 

the TTZ is smeared out over the entire path length. The resulting value of 1% can 

be used to calculate the corresponding deviation from the great circle direction to 

be expected at the receiver. Basically, the deflection D,. of the wave at the station 

is proportional to the integral of the transverse phase velocity gradient along the 

path (Woodhouse and Wong, 1986; Snieder, 1987): 

1 fA Dc 
Dr = Llio s()l.(~)ds (5.1) 

with Ll the epicentral distance and s the distance along the ray path. From this 

equation and assuming that the S-wave velocity gradient is comparable to that of 

the phase velocity, Passier and Snieder (1995) find that a deviation Dr of about 

9° would be expected for the 1% contrast given by their inversion. This value 

agrees well with the deviation Dr measured from the beamforming experiments. In 

addition, the results obtained by Passier and Snieder give an upper limit for the 

width of the TTZ. According to the paths plotted in Figure 5.11 for the Turkish 

event 860505, the 9% velocity contrast in the upper mantle beneath the central 

part of this transition zone is contained, from a conservative point of view, within 

a width of at most 600 km. 
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Figure 5.11. Events (filled circles), stations (filled triangles) and great circle paths 

used by Passier {3 Snieder (1995) for their inversions. Grid lines are drawn at 10° 
interval. 

5.5.1 Surface head wave refracted at the TTZ? 

As mentioned in the previous section, the Romanian event 900531 (nr. 1) is partic

ularly interesting due to its geographical location close to the TTZ. A hypothesis 

to explain the strong deviation to the north for the large periods (down to 40 s) 

is that the Rayleigh wave travels as a head wave along the boundary at the EEP 

and then it is refracted towards the lower velocities at the TE and recorded at the 

NARS array. More quantitatively, from Snell's law we conclude that a deviation 

of 25° to the north for this event can be explained by a 7% contrast in the upper 

mantle between higher velocities at the EEP and lower velocities at the TE. This 

value agrees well with the model suggested above. Unfortunately, little information 

can be retrieved from the shorter periods. For periods shorter than 40 s the data 
are too noisy for the beamforming to give stable parameters. 
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5.6 Why no reflections?: synthetic experiments 

In this section, we describe synthetic experiments performed to understand the 

absence of reflections at the TTZ for the events located at the western part of this 

boundary. Our main goal is to find out whether the lack of observed reflected energy 

at the TTZ can be explained by a smooth horizontal velocity gradient, or whether 

it has another origin as, for instance, an unfavourable source radiation pattern. 

5.6.1 Scattering theory: brief summary 

Since the TTZ is almost straight, surface wave scattering at two welded stratified 

spaces with a possible smooth transition zone will be used as a model for surface 

wave reflections at the TTZ. The synthetic seismograms for the surface waves re

flected at the TTZ have been calculated using the surface wave scattering theory 

developed by Snieder (1986a). In this theory, a dyadic representation of the surface 

wave Green's function is used in order to describe the scattering by lateral het

erogeneities. With this formulation, both the direct and the scattered wave can be 

expressed in a fairly simple way. Furthermore, the theory describes mode conversion 

in a natural way since the Green's function is a superposition of all surface wave 

modes. As shown by Snieder (1986a), for a flat geometry the displacement excited 

by a point force F oscillating with angular frequency w can be written as the sum 

of all mode contributions to the displacement u(r): 

(5.2) 
v 

where 1/ refers to the mode number, kv is the wavenumber, </J denotes the azimuth 

at the source, and X is the distance from the source to the receiver. The pV vectors 

are the polarization vectors (Snieder, 1986a); they describe the direction of the 

displacement oscillations. The propagation term 

(5.3) 

describes the phase shift and the geometrical spreading along the path from the 

source to the receiver. The response to a moment tensor can be obtained by making 

the following substitution (Snieder and Nolet, 1987): 

(5.4) 
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where E and M denote the excitation and the moment tensor, respectively. 

Using the same formulation, and treating the effect of a heterogeneity at location 

r o in a linearized way (i.e. using the Born approximation), the scattered wave u J 

can be expressed as a double sum over incoming (v) and scattered (0") surface wave 

modes (Snieder, 1986a): 

U,v 

From right to left, this expression describes how a mode v is excited at the source, 

travels to the point of scattering r 0 were the wave is scattered, and then it propagates 

to the receiver were the oscillation is given by pU(z, <P2)' The interaction matrix 

V UV (r0) describes the scattering and the associated mode conversion; it also contains 

the depth dependence of the heterogeneity. The interaction terms depend in a very 

simple wayan the scattering angle 

(5.6) 

where <PI and <P2 represent the azimuthal angles from the source to the scattering 

point, and from this point to the receiver, respectively. 

Since the theory is linear(ized), the scattering by a quarter-space (x> 0, z > 0) 
can be treated by integrating eq. (5.5) over the inhomogeneity: 

(5.7) 

with f uv given by: 

Here, H(x) is the Heaviside function, which intrinsically contains the geometry 

required by a sharp transition. Snieder (1986a) showed with a stationary phase 

evaluation of the y integral along the discontinuity, that for every set of modes 

(v,O") scattering by a quarter-space is equivalent to reflection by a point on the 

boundary between the two quarter-spaces determined by the Snell's law. Hence, 

synthetic seismograms can be calculated without a numerical integration over the 

heterogeneity, The final expression for the scattered wave is given in eq. (47) in 
Snieder (1986a). 
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In the same way, a smooth transition can be modelled by replacing the Heaviside 

function H(x) in eq. (5.7) by the Ramp function 

if x < - q.
 
if - Q < x < Q (5.9)
z - - z 
if x> q. 

with D defining the width of the transition zone. After some algebra (see Ap

pendix B), the final expression for the scattered wave turns to be only affected by 

an extra multiplicative term: 

(kv cosi l + ku cosiz) . D]
S (x ) = sine [ 2 (5.10) 

where i l and i z are the angles of incidence and reflection respectively (see Fig

ure B1). Note that this term (eq. (5.10)) is always smaller than 1, for D -; O. As a 

consequence, for a given contrast, a velocity gradient will have the effect of decreas

ing the amplitude of the reflected wave. Furthermore, due to the strong dependence 

of the sine function on the frequency, for a constant value of D the magnitude of 

the amplitude decreases dramatically with increasing frequency. 

5.6.2 Synthetic seismogram calculations 

The model used in the synthetic computations consists of two quater-spaces with 

their boundary roughly aligned along the TTZ. For simplicity, a new coordinate 

system with the TTZ located along the line x = 0 has been used. The resulting 

geometry of the problem is illustrated in Figure 5.12. At the western side of the 

boundary (representing the TE), the model M7 of Nolet (1977) is used as reference 

for the density and for the P- and S-velocities, while the attenuation of the PREM 

model (Dziewonski and Anderson, 1981) is employed. The quarter-space at the east

ern side (representing the EEP) is constantly perturbed down to a depth of 200 km, 

with an S-velocity 10% higher than that of the M7 model. Initially we do not apply 

anomaly to the crust, since our goal is mainly to study the velocity structure of 

the upper mantle. The 10% S-velocity contrast in the mantle is consistent with the 

deviations observed for the events at the eastern side of the TTZ, and with previous 

upper mantle studies (e.g. Snieder 1986a; Zielhuis and Nolet, 1994; Marquering and 

Snieder, 1995; Lomax and Snieder, 1995; Passier and Snieder, 1995). Assuming the 
ratio d In(vs)/d In(vp ) ~ 2 between the compressional and the shear-wave velocity 
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variations (Davies, Gudmundsson and Clayton, 1992), the P-wave velocity pertur

bation is set to 5%. The density is not perturbed. It should be stressed that, since 

we are not inverting data, the choice of the reference model is not as relevant as the 

choice of the velocity contrast across the boundary. The synthetics are computed by 

solving eq. (47) in Snieder (1986a) for a flat geometry. Several tests performed using 

a spherical Earth geometry gave fairly similar results. In the forward problem we 

take into account the scattering from Rayleigh-to-Rayleigh wave as well as the con

version from Love-to-Rayleigh wave, in order to compute the vertical displacement 

at the receiver. After several experiments we concluded that, due to the shallow fo

cal depth, higher modes do not contribute to the surface wave coda. Consequently, 

only the interaction terms VR ..... R and VR ..... L for the fundamental mode are 
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Figure 5.12. Coordinate system used for the synthetic calculations. The original axes 

of geometry have been rotated in order to align the TTZ approximately along the line 

x =0. Circles represent the epicenters of the events; triangles give the location of the 

stations. Numbers refer to Table 5.2. 
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considered. For the hypocenter parameters and the source mechanism we adopt 

the values as given by the ISC bulletin. The events 3, 7, 8, 9, 12 and 13 listed in 

Table 5.2 have been modelled. Event 900531 (ur. 1) cannot be modelled due to its 

proximity to the boundary. 

5.6.3 Sharp transition across the TTZ: synthetic results 

Assuming the transition across the Tornquist-Teisseyre boundary is sharp (i.e. de

scribed by a step function) and for the model described in Section 5.6.2, the 6 events 

studied can be classified in two groups according to the synthetic results. 

The first group includes the events with the shortest epicentral distance (nr. 7, 8 

and 9). The corresponding synthetic seismograms show a dear surface wave arrival 

after the direct Rayleigh wave. This energy, reflected at the TTZ, is only observed 

for the shorter periods up to 32 s. An example is displayed in Figure 5.13 for the 

synthetic recording of event 910712 (m. 7) at station NE15. Note the clear coda 

in the synthetics for the shortest periods; at a period of 21 s the amplitude of 

the coda is about 25% of the direct wave. For the largest periods the last part of 

the direct wave train interferes with the scattered energy. Nevertheless, since the 

coda-to-direct wave amplitude ratio is very small (about 3% for a center period of 

85 s), the distortion of the direct wave is not visible in the synthetics. As a test 

of the beamforming algorithm, we have performed beamforming for the synthetic 

seismograms at the NARS array. A representative example is shown in Figure 5.14 

for the event 910712 (m. 7), and for a center period of 21 s. To be ahle to compare 

the synthetic beamforming results with those corresponding to the data, the real 

geometry has been used in this figure. Effectively, we observe a direct wave arriving 

at the array along the great circle azimuth (solid line), followed by a packet of energy 

clearly deviated anticlockwise from this direction. This deviation corresponds well 

to the one expected for a wave reflected at the TTZ. 

The second group includes the events with the largest epicentral distance (ur. 3, 

12 and 13). For these events the reflected wave is only a 8% of the direct one, and 

the synthetics do not reveal a significant surface wave arrival after the direct wave 

for any period. 

The role of the source mechanism 

After analysing the influence of the different terms in eqs (5.2) and (5.5) on the 
synthetic seismograms, we concluded that the source mechanism is, at least in 
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Figure 5.13. Bandpassed synthetic seismograms for event 910712 (nr. 7) and for 

station NE15. The trace includes both the direct and the scattered waves. From top 

to bottom, center periods are 85, 40, 32, 25 and 21 s respectively; the "unfiltered" 
seismogram (bandpassed between 15-150 s) is shown at the bottom of the figure. 
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Event nr.7 at T=21 s (Synthetics) 

NE40 

400. 600. 
Time in seconds 

Direction of approach at the arraL_ 

~§f 
~ ci "----....----------...jClC\l C 
Q),.... 

o 

400. 600. 
Time in seconds 

Slowness 
-0.2 -0.0 0.2 

, 
I 

C\I I, o 
ci 

E 
~~ 
wO-. 

>. 

I 
I, 

---------:-----~ 

N 

6 
<:> 

wC\l 
o. 

-0.2 -0.0 0.2 
Sx (s/km) 

Figure 5.14. As Figure 5.6 for the synthetic seismograms corresponding to event 

910712 (nr. 8) for station NE40. Center period is 21 s. Real geometry is used in 

this figure. Filled circles correspond to the direct Rayleigh wave arrival; triangles 

indicate the arrival of surface wave coda. 
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part, responsible for the fact that reflected energy is only observed for the first 

group of events. As an example, Figure 5.15a shows the radiation pattern at 

the source for one event of the first group (event nr. 7). The excitation for both 

Rayleigh and Love waves is given for a period of 32 s. In particular, this excita
tion is defined as the product I pRayleigh I .[ERayleigh : M] for Rayleigh waves, and 

I pRay leigh I .[ELove : M] for Love waves. In Figure 5.15b, the scattering amplitude 

is displayed as a function of the scattering angle for a period of 25 s. For larger 

periods the character of the scattering is similar, but the amplitude decreases dra

matically. Only the stations for which real data are available have been represented 

in Figure 5.15. We observe that, in general, little Rayleigh energy leaves the source. 

in the direction of the receiver and that most of the energy which leaves the source in 

the direction of the TTZ is Love energy (Figure 5.15a). In addition, at the scatterer 

the R +- L scattering amplitude in the azimuth to the NARS array is generally 

much stronger than that of the R +- R (Figure 5.15b). Hence, for this event Love 

energy at the source contributes most to the reflected surface wave in the vertical 

component. This has been confirmed by performing experiments without taking 

into account the mode conversion from Love to Rayleigh. In this case, no significant 

coda is present in the synthetics. 

Regarding the events in the second group, a clear unfavourable radiation pattern 

explains the absence of reflected surface waves in the synthetics for the event 921118 

(nr. 12): the azimuth from the source to the scatterer point at the TTZ is in a node 

of the radiation pattern, for both Rayleigh and Love waves. However, this argument 

cannot be applied to the other events in this group, namely events 901221 (nr. 3) 

and 921121 (nr. 13). One example of the radiation pattern at the source and at 

the scatterer is displayed in Figure 5.16 for event 921121 (nr. 13). For this event, 

the amplitude of both the Love wave and the Rayleigh wave leaving the source 

to the reflection point at the TTZ are almost equal. At the reflection point, the 

strength of the R +- R scattering is comparable to that of the R +- L conversion. 

Hence, for this event, both Love and Rayleigh energy at the source are expected to 

contribute to the reflected surface wave in the vertical component records. However, 

in contrast with events 7, 8 and 9, for this event the amplitude ratio of the Love and 

Rayleigh waves radiated towards the TTZ, to the direct Rayleigh wave travelling to 

the station is rather small, (see Figure 5.16a). 

The dependence of the excitation on the frequency has also important conse
quences. This dependence is illustrated in Figure 5.17 for events 910712 (nr. 7) and 

921121 (nr. 13). As for Figures 5.15a and 5.16a, the radiation pattern at the source 
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(a) Source radiation pattern (event nr.7) 
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(b) Scattering amplitude (event nr.7) 
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Figure 5.15. Radiation pattern for event 910712 (nr. 7). (a) Radiation pattern 

at the source for the Love (dashed lines) and the Rayleigh wave (solid line), for a 

period of 32 s. Arrows indicate the azimuth from the source to the corresponding 

station (left arrow) and to the reflection point at the TTZ (right arrow). x and y 

axes correspond to the configuration given in Figure 5.12. First plot corresponds to 

station with shortest epicentral distance. (b) Radiation pattern at the scatterer for 

R f- R (solid lines) and R f- L (dashed lines), for a period of 25 s. The thick solid 

arrows indicate the direction of approach from the source to the reflection point (note 

that it corresponds to the direction given by the right arrow in (a)); thin arrows give 

the azimuth from the scatterer to the corresponding station at the NARS array. 
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(a) Source radiation pattern (event nr.13) 
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(b) Scattering amplitude (event nr.13) 
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Figure 5.16. As Figure 5.15 for event 921121 (nr. 13). 

for both Love and Rayleigh waves is represented, but now the excitation is displayed 

for several periods (20, 25 and 32 s). Left arrows indicate the azimuth to stations 

NE15 and NE04 respectively, while right arrows give the azimuth to the reflection 

points at the TTZ. Note that the amplitude ratio of the Love and/or Rayleigh wave 

travelling to the TTZ, to the direct Rayleigh wave recorded at the station depends 

strongly on the frequency. This dependence is easier to visualize in Figure 5.18. In 

this figure, the ratio 
[ELove(z., ¢TTZ) : M] 

(5.11)
[ERayleigh(zs,¢ST): M] 

has been plotted as a function of period for the six events modelled. In this expres

sion, ¢TTZ represents the azimuth from the source to the reflection point at the 

TTZ; ¢ST gives the azimuth from the source to one given station at the array. The 

amplitude of the Rayleigh wave radiated towards the TTZ has not been calculated 

here since, except for event llr. 13, this amplitude is significantly smaller than that 

of the Love wave travelling in the same direction. Note that the highest ratio corre
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T=20s(L) 
T=25s(L) 
T=32s(L) 
T=20s(R) 
T=25s(R) 
T=32s(R) 

Source radiation pattern 

Event m.7, to station ne15 Event nr.13, to station ne04 

Figure 5.17. Radiattion pattern at the source for Love (thin lines) and Rayleigh 

(thick lines) waves, for a period of 20, 25 and 32 s. Events nr. 7 (left) and nr. 13 

(right) are illustrated. Scale is different in both panels. Arrows as Figure 5.15. 

sponds to events 7, 8 and g, for short periods between 15 and 32 s. Only for these 

events and periods significant coda is present in the synthetics. 

5.6.4 Sampling the mantle or the crust? 

From the synthetic results described in Section 5.6.3 we infer that, due to the radi

ation pattern of the events studied, with our data we can only extract information 

about the horizontal gradient of the TTZ from the short periods, and only for the 

events with a favourable source mechanism. However, these periods are predom

inatly sensitive to the structure of the crust. This is illustrated in Figure 5.19, 

where the sensitivity of the interaction terms VR+-R and VR+-L to shear-wave veloc
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Figure 5.18. Amplitude ratio between Love energy leaving the source to the reflection 

point at the TTZ, and the Rayleigh wave directed to the array, as a function of the 

period. Numbers refer to events in Table 5.2. 

ity perturbations has been displayed for different periods. The sensitivity has been 

quantified by defining the resolving kernel K(z) (in particular, K R_ R and KR-L) 

as 

V(z,¢» =w2 JK(z) 6{3(z) dz (5.12) 

with 8p =0 and 0:: =0.5 (-1); ¢> is the scattering angle defined in eq. (5.5). For more 

details see eq. (29) in Snieder (1986a). In Figure 5.19 we observe that for periods 

shorter than 32 s the surface waves are mostly sensitive to approximately the first 
75 km of the medium (we should remark that a factor w 2 has been factored out of 

the kernels K(z) in order to simplify Figure 5.19). This sensitivity to the shallower 

structure of the TTZ suggests that our initial model with a constant 10% shear

wave velocity perturbation down to a depth of 200 km is not realistic and that the 

structure of the crust that thickens across the TTZ needs to be taken into account. 
Accordingly, new synthetic experiments were performed using published crustal and 

uppermost mantle models for the structure beneath the TTZ. In particular, we used 
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Figure 5.19. Resolving kernels for the interaction terms as a function of depth and 

period. (Left panel): sensitivity of the interaction term VR R to shear-wave velocity 

perturbations. (Right panel): same for interaction term VR L. 

the model given by Guterch et at. (1986) beneath profiles LT-5 and LT-3, since the 

reflections take place in the region between these two lines. Interestingly, with this 

more realistic model of the TTZ the synthetics do not reveal a significant surface 

wave arrival after the direct Rayleigh wave, for any event or period. 

This has important consequences for the use of this method to constrain the 

horizontal velocity gradient in the mantle. It implies that with our data no infor

mation can be retrieved about the horizontal velocity gradient or about the width 

of the TTZ in the upper mantle as a function of depth. Taking into account that a 

smooth transition has the effect of decreasing the amplitude of the reflected wave, 

we conclude that events with other source mechanisms are needed to study the 

sharpness (or smoothness) of the transition zone between the EEP and the TE. 

5.7 Conclusions 

The velocity structure beneath the Tornquist-Teisseyre Zone (TTZ) has been stud

ied by performing beamforming of surface waves travelling from southeast Europe 

to the NARS-NL array. The direction of approach at the array and the slowness 
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of the direct Rayleigh wave and its coda have been retrieved for events located at 

both sides of the boundary. 

The azimuth deviation ofthe direct Rayleigh wave from the events on the eastern 

side of the TTZ, and the observed surface head waves refracted along the boundary, 

confirm earlier investigations. In particular, they give an independent evidence for 

a thicker crust and up to 10% higher shear-wave velocities in the upper mantle 

beneath the East European Platform (EEP) than beneath the Tectonic Europe 

(TE). In addition, we have also shown that in order to state whether the fault 

zone continues downward through the continental crust to the lithosphere with a 

constant width, or whether it broadens with depth in the crust to a fairly abrupt 

transition into a sub-horizontal decoupling shear zone (Sibson, 1983), events with a 

more favourable source mechanism or deeper events which excite higher modes are 

needed. 
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Calculation of synthetic seismograms for 

Chapter 2 

The displacement at a certain station can be described by the integral 

Un (r, t) =l d5 [ G~ (r, t; rl, 0) * (hu/(rl, t) - Ui(rl, t) * 8kG~(r, t; rl, 0) ] Cijkl nj, 

(A.l) 

where rand rl are the vectors denoting the receiver location and the integration 

variable, on the surfaces Z = Zo and Z = Zl respectively (see Fig. 2.14). n is a vector 

perpendicular to the surface z = Zl and G is the Green's tensor. For horizontally 

polarized waves and vertical incidence, U3 is equal to O. The displacement field 

ui(rl, t) on 5 is computed using eqs (2.2) to describe the effect of an anisotropic 

layer. 

In a isotropic solid, Cij k/ is given by 

(A.2) 

where>. and J.l are the Lame constants. If we adopt a Green's function with a zero 

normal derivative on 5, using eq. (A.2), eq. (A.l) reduces to 

(A.3) 

In the case of a homogeneous medium between the surface 5 at Z = Zl and the 

surface of observation Z = zo, the far-field component ofthe 5-wave Green's function 

G is of the simple form [Aki and Richards, 1980] 

1 
Gi(R, t; 0, 0) = 2 ({jin - 8i R 8n R), (AA)

27fpRfJ 
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where R [ R = r - rl = (Xl, X 2 , x3l ] is a vector from any point on the surface 

S to the station; p is the density of the medium between Zl and Zo, and (3 is the 

shear-wave velocity. 

Substituting eq. (AA) into (A.3) gives 

(A.5) 

where X 3 is the depth of the top surface of the anisotropic layer and T is the 

traveltime T = t -~. The integration is carried out over a mesh of 100 x 100 points 

separated by 10 km. However, only the grid points with a traveltime delay up to 30 s 

compared with the unperturbed S-wave are taken into account in each experiment. 

The radial and transverse components of the displacement are obtained by rotating 

the solutions of eq. (A.5), Ul and U2. 

Note that the eq. (A.3) is strictly speaking not valid for non-zero angles of 

incidence i. The error made by ignoring this is proportional to [l-cos(i)]. For an 

angle of 10°, this implies a relative error of only 1.5 %. Given the crudeness of 

the model employed, this error is ignored in the numerical examples presented in 

Section 2.5. 



Appendix B 

Scattering by a smooth transition 

As given by Snieder (198630), the surface wave reflected by a quarter-space (repre

sented by the Heaviside function) can be written as: 

l( ) = . J+oo d 1+00 

d J+oo d f exp [i (kl/X l + koXz)] ..!!:...[H( )]
u rr 1. y Z X ov (~) (XT-X) d x 

-00 0 -00 kl/ x, + ko X x
2 

(B.l) 
Note that by using the function H(x) instead of lI(-x) as in Snieder (198630), we 

implicitly assume that the source and the receiver are located on the left half of the 

(x,y) plane. The parameters X s and X r refer to the x-coordinate of the source and 

station location respectively; Xl and X2 are the distance from the source to the 

reflection point and from this point to the receiver, respectively. ·We can model a 

smooth transition by replacing the Heaviside function H (x) by the Ramp function 

t'f Dx<-2 
if - Q < x < Q (B.2)z - - 2 

if x> !? 
With this choice, it follows that instead of eq. (B.l) the next expression should be 

used for the scattered wave: 

D 2 
1 ( ) _ . J+oo d 1+00 

d~ J+ / d f exp[ i (kvXl + koXz)] (2.)u rr - 1. Y ~ X 01/ X X X X (B.3) 
-00 0 -D/2 kl/( x~ )+ ko( x~) D 

Here, (11 D) is the derivative of R(x). In eq. (B.3), Xl and X z are functions of x,
 
since now each point between (- !? ::; x ::; %) acts as a scatterer.
 

Let us define X~O) and X~O) as the (constant) distance from the source to the reflec


tion point at X=O, and from this point to the receiver, respectively (see Figure B.l).
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Figure B.lo Geometry for the reflected wave at a smooth boundary. 

If both the source and the receiver are located far away from the transition zone 

compared to its width, then 

Xs,r - X X s r x «: X s , Xr and (B.4)
X 1,2 '" X(~) 

1,2 

With this assumption, eq.(B.3) can be rewritten as: 

1+00 1+00 [.(k XeD) k xeD))] i d dz f exp Z /I 1 + q 2 
Y q/l k (.£L) + k (.£.z:..)

-00 D /I Xl q X 2 

1 /
2 

0 0. (_) 1+D 
dx e i [k" (Xl-X~ »)+k.. (X2-X~ »)] (B.5)

D -D/2 , 
". 

Sex) 

The only difference between eq. (B.l) and eq. (B.5) is the term Sex) that appears 

in the latter equation. To evaluate this extra term, we use the approximation 

x1 -xiD
) ~ xcosi1 (B.6) 

x 2 - X~D) ~ X cos i2 

with i1 and i2 the angles of incidence and reflection for a scatterer located at x=O. 
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This transforms S(x) as follows: 

1 j+D/2
S(x) = D dx exp [i [k/l COSZl + kq cosi2 ] X (B.7) 

-D/2 

Solving the integral, S(x) can be written as: 

. [ (k/l cos i1 + kq cos i2 ) . D]
S() (B.8)x = SlDC 2 

Consequently, the reflected wave at a smooth transition zone can still be described by 

eq. (47) given in Snieder (1986a), by multiplying the extra factor given in eq. (B.8). 
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Samenvatting
 

De Aarde vormt een gecompliceerd lichaam dat voortdurend aan verandering 

onderhevig is als gevolg van zowel kort- als langdurende krachten. Terwijl aard

bevingen en vulkanisme bijvoorbeeld op korte tijdschaal optreden, zijn de tek

tonische platen continu in beweging en vindt hun ontwikkeling op geologische ti

jdschaal plaats. De processen die voortdurend de buitenste laag van de Aarde-de 

zogenaamde lithosfeer-en de daaronder gelegen bovenmantel beinvloeden, komen 

echter slechts ten dele tot uitdrukking aan het aardoppervlak. Bijvoorbeeld, de 

aanwezigheid van diepzeetroggen-een eerste orde kenmerk van de bathymetrie van 

de oceanen-kan weliswaar worden gezien als indicatie voor het optreden van een 

subductiezone, maar de morfologie van het oppervlak zegt niets over de geometrie 

van de gesubduceerde plaat. Evenzo biedt geologisch onderzoek, bijvoorbeeld in een 

gebergtegordel, met name inzicht in de ondiepe expressie van de deformatieprocessen 

verantwoordelijk voor de vorming van het gebergte. Geologisch onderzoek aan ges

teente dat nu weliswaar dagzoomt, maar werd gevormd of gedeformeerd op grotere 

diepte, kan tevens inzicht verschaffen in processen op diepere niveau's. Echter, in 

dat geval betreft het een proces dat is opgetreden in het geologische verleden en 

de oorspronkelijke situatie, met name de relatie met ondiepere structuren, is vaak 

onduidelijk. Om dus in staat te zijn de dynamica van de lithosfeer en bovenmantel 
volledig te begrijpen, is kennis vereist omtrent de huidige diepe structuur van de 

Aarde - onder het toegankelijke aardoppervlak. 

Sinds het begin van deze eeuw is de seismologie van onschatbare waarde voor het 

bestuderen van het inwendige van de Aarde. Seismische golven bevatten informatie 

over de elastische eigenschappen van het materiaal langs het pad van voortplant

ing en verschaffen daarmee inzicht in de samenstelling, de thermische structuur 

en de dynamica van de Aarde. In eerste benadering kan men de structuur en 

fysische eigenschappen van de complexe Aarde beschrijven door middel van radiaal

symmetrische modellen. Om de dynamische processen die zich in de Aarde afspelen 

te kunnen begrijpen wordt op het moment echter de aandacht geconcentreerd op 

het in kaart brengen van laterale variaties in seismische snelheid, op verschillende 

lengteschalen. Met name in de bovenmantel speelt laterale heterogeniteit een be

langrijke rol in het proces van convectie waarvan men aanneemt dat het in nauw 

verband staat met de plaattektoniek aan het oppervlak. 

Bet in dit proefschrift beschreven onderzoek is gericht op het verbeteren van onze 
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kennis van de structuur van de bovenmantel in bepaalde gebieden van de Aarde. 

Daarnaast wordt getracht om een bijdrage te leveren aan het vergroten van de kennis 

omtrent de voortplanting van oppervlaktegolven. Aannamen die in het algemeen 

worden gemaakt in studies met oppervlaktegolven-en die gevolgen hebben voor de 

interpretatie van snelheidsmodellen voor de bovenmantel-worden getoetst. In dit 

verband komen in dit proefschrift vier verschillende aspecten van het seismologisch 

onderzoek aan de orde. De vier studies hebben gemeenschappelijk dat zij ieder 

gebaseerd zijn op breedband-data (volumegolven dan weI oppervlaktegolven en/of 

oppervlaktegolf-coda), geregistreerd door een regionaal netwerk van stations, of door 

stations met een goede verspreiding over het gebied van onderzoek. Breedband 

seismometers stellen ons in staat meer informatie over de golfvorm te registreren 

dan met kort-periodische of lang-periodische apparatuur mogelijk zou zijn. am deze 

reden verschaffen breedband-data gedetailleerde informatie over de gecompliceerde 

structuur van de bovenmantel en kan dit type data worden gebruikt om aspecten 

van de voortplanting van oppervlaktegolven in de bovenmantel te bestuderen. 

In Hoofdstuk 2 van dit proefschrift staat het verschijnsel van seismische anisotro

pie in de sub-continentale bovenmantel centraal. In dit hoofdstuk wordt een meth

ode beschreven waarmee de diepte van anisotropie wordt bepaald op basis van studie 

van laterale variatie in golfvorm-splitsing in nabij gelegen seismische stations. Onze 

resultaten impliceren dat er in de sub-lithosferische mantel onder Nederland en het 

omringend gebied, op een diepte van ongeveer 400 km, waarschijnlijk belangrijke 

anistropie aanwezig is en dat de deformatie in dit gebied aan significante laterale 

variatie onderhevig is. 

In Hoofdstuk 3 presenteren wij een model voor de drie-dimensionale snelheids

verdeling van transversale golven in Noord- en Midden-Amerika, bepaald door mid

del van golfvorm-inversie van oppervlaktegolven. Dit transversale golf snelheids

model heeft een laterale resolutie van circa 500 km en vult daarmee de lacune 

tussen, enerzijds, grootschalige modellen en, anderzijds, regionale modellen voor 

relatief kleine gebieden in de Verenigde Staten. Het meest opvallende aspect van 

de tomografische beelden is de snelle overgang van lage snelheden in het tektonisch 

actieve gebied ten westen van de Rocky Mountains, naar hoge snelheden in het sta

biele centrale en oostelijke schild van Noord-Amerika. Het model onthuld tevens 

interessante kleinschalige snelheids-heterogeniteiten. 

Hoofdstuk 4 is gewijd aan de studie van de voortplanting van oppervlaktegolven 

in de bovenmantel. Traditionele oppervlaktegolf- inversies zijn gebaseerd op het 
feit dat oppervlaktegolven zich voortplanten langs de grootcirkel vanuit bron naar 
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ontvanger. Deze hypothese heb ik getoetst. Ret probleem is benaderd met behulp 

van een nieuwe wijze van reconstructie van golffronten om de richting van aankomst 

van de golven te bepalen. De gevonden deviaties zijn, voor de bestudeerde periodes 

(tussen 16 en 100 sec.), in het algemeen kleiner dan 8 graden. Dit resultaat im

pliceert dat de relatieve fout die men maakt door te werken met looppad-gemiddelde 

fase-snelheden, het verschil tussen aankomstrichting en grootcirkelrichting verwaar

lozend, kleiner is dan 1%. Echter, het grootste deel van de gebruikte registraties 

betrof aardbevingen met een pad door oceanische lithosfeer. In de continenten is 

de struktuur langs het pad van voortplanting gecompliceerder en zullen refractie en 

golfvoortplanting langs meerdere paden in het algemeen een grotere rol spelen. 

In het volgende hoofdstuk wordt het onderwerp van oppervlaktegolf-voortplanting 

op andere wijze benaderd. Zoals is aangegeven in Roofdstuk 4 zijn - op regionale 

schaal - oppervlaktegolven in de bovenmantel en aardkorst vaak verstrooid en/of 

gerefracteerd, hetgeen resulteert in afwijking van het grootcirkel-azimut. In Roofd

stuk 5 wordt de voortplantingsrichting van een binnenkomend golfpakket gemeten 

door "beamforming" toe te passen op de registraties over een netwerk van stations. 

De azimutale afwijking geeft een indicatie omtrent de transversale snelheidsgradient 

langs het pad. 

"Beamforming" is toegepast op de grondtoon van Rayleigh golven in het periode

bereik van 20 tot 100 sec. die het NARS-NL netwerk in Nederland bereikten vanuit 

zuidoost Europa. Doelstelling van dit onderzoek is het verkrijgen van nieuwe infor
matie omtrent de snelheidsstruktuur onder de Tornquist-Teisseyre Zone (TTZ). De 

TTZ wordt beschouwd als een overgang tussen de hogere seismische snelheden in de 

dikke Precambrische korst van het Oost-Europese Platform (EEP) en de lagere snel

heden van de dunnere en jongere korst van Centraal- en West-Paleozoisch Europa 

(Tektonisch· Europa, TE). Er wordt bewijs gepresenteerd voor het bestaan van een 

dikkere korst en tot 10% hogere snelheden in de eerste 150 km van de bovenmantel 

onder het EEP dan onder het TE. Eveneens wordt er aangetoond dat, om de dikte 

van de transitiezone te bepalen, aardbevingen met een gunstiger radiatie-patroon 

vereist zijn. 
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Resum 

La Terra on vivim es un cos molt complex sotmes a un canvi continu degut a 

forces tant de curta com de Barga durada. Per exemple, mentre els terratremols i les 

erupcions voldtniques es produeixen a una escala de temps molt curta -de l'ordre 

de dies, hores i fins i tot minuts-, les plaques tectoniques ala superficie del Planeta 

es troben constantment en moviment, i la seva evoluci6 i deformaci6 te Boc a una 

escala de temps geologica -es a dir, de l'ordre de milions d'anys. Un exemple con

cret d'aquest ultim cas es la formaci6 de serralades 0 massissos muntanyosos com els 

Pirineus, els Alps 0 1'Himalaia. Aquests processos que continuament influeixen sobre 

la capa mes exterior de la Terra -d'uns 100 km de gruix, anomenada litosfera- i la 

capa subjacent, mes profunda -que arriba fins a uns 700 km de profunditat, anome

nada manteB superior-, es reflexen ala superficie nomes parcialment. Per exemple, 

la presencia de fosses oceaniques profundes -una caracteristica de primer ordre de la 

batimetria dels oceans- es pot interpretar com una indicaci6 de l' existencia d'una 

zona de subducci6 -0 zona on la placa oceanica s'enfonsa sota el manteB de la placa 

continental adjacent, en la zona de convergencia-, pero, en canvi, la morfologia de 

la superficie no ens dona cap informacio sobre la geometria de la placa tectonica 

que subdueix. De la mateixa manera, els estudis geologics de serralades, per exem

pIe, ens donen informaci6 sobre els processos de deformaci6 responsables de la seva 

formaci6. L'estudi de roques que actualment es troben a la superficie pero que han 

estat deformades a la litosfera a certa profunditat, ens pot ajudar a comprendre 

millor els processos que tenen lloc a parts profundes de la Terra. De totes maneres, 

els processos dedu'its de les roques observades ala superficie, s6n processos que han 

tingut Boc en el passat -en termes geologics-, i la situaci6 actual, sobretot la seva 

relaci6 amb les estructures mes superficials, sovint es for<;a dubtosa. Aixi dones, 

per a poder entendre millor el comportament dinamic de la litosfera i del mantell 

superior, ens cal adquirir coneixements sobre l'estructura actual de la Terra a certa 

profunditat -sota la superficie facilment accessible. 

J a des de principis de segle la Sismologia ha deinostrat ser una eina indispens

able per a l'estudi de l'interior de la Terra. Les ones sismiques generades pels ter

ratremols contenen informaci6 sobre les propietats elastiques del material a traves 

del qual es propagen. D'aquesta manera, analitzant les diferents propietats de les 

ones sismiques enregistrades ales xarxes sismiques d'arreu del mon, podem ampliar 
els llostres colleixements sobre la composici6, l'estructura termica i el comporta
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ment dinamic de la Terra. En una primera aproximaci6, l'estructura i les propietats 

fisiques de la Terra -com per exemple, la velocitat sismica de les ones esmentades

es poden descriure mitjanl.<ant models radialment simetrics. En aquests models les 

propietats dels materials que formen la Terra no varien lateralment, sino que nomes 

depenen de la profundidat. De totes maneres, per a poder entendre els proces

sos dinamics que ocorren en l'interior de la Terra, el coneixement de les variacions 

laterals a diferents escales de, per exemple, la velocitat sismica, es indispensable. 

Especialment al mantell superior, les heterogene'itats laterals juguen un paper molt 

important en el proces de convecci6, proces que segons sembla esta intrinsecament 

relacionat amb la tectonica de plaques que te lloc a la superficie. 

Aquest treball te dos objectius basics. EI primer es millorar el coneixement 

actual de l'estructura del mantell superior en determinades zones de la Terra. EI 

segon es contribuir a la millor comprensi6 de la propagaci6 de les ones superficials. 

Tal i com el seu nom indica, aquestes ones es propagen per la superficie de la 

Terra de la mateixa manera que les ones generades en un estany en llenl.<ar-hi una 

pedra. Amb aquest objectiu, en aquesta tesi s'estudia la validesa d'algunes hipotesis 

generalment emprades en l'analisi d'ones superficials, hipotesis que al seu torn s6n 

trascendentals per a la interpretaci6 dels models de velocitat de les ones sismiques 

al mantell superior. Dins d'aquest context, aquest treball descriu quatre aspectes 

diferents de recerca en el camp de la Sismologia. Aquest quatre estudis tenen en 

cornu el fet que tots ells utilitzen dades sismologiques de banda ampla -tant pel 

que fa a ones internes, les quaIs es propaguen per l'interior del Planeta, com a ones 

superficials-, enregistrades per xarxes d'estacions sismiques (0 sismografs) regionals, 

o be per sismografs distribu'its uniformement en la zona d'estudi. Amb els sismografs 

anomenats de banda ampla es pot obtenir molta mes informaci6 sobre les "formes 

d'ona" de la que s'obtindria emprant aparells de periode curt 0 Barg. 

El treball que aqui s'exposa ha estat estructurat de manera que cada capitol pot 

Begir-se independentment dels altres. Despres d'un capitol introductori, la tesi es 

divideix en els segiients apartats: 

En el Capitol 2 el tema central es l'estudi del fenomen de l'anisotropia sismica 

en el mantell superior subcontinental. En un medi anisotropic la velocitat de propa

gaci6 de les ones sismiques no depen nomes del material a traves del qual viatja, 

sino que tambe depen de la direcci6 de propagaci6 de l'ona. En el mantell aquesta 

dependecia de la direcci6 de propagaci6 pot ser deguda a processos dinamics que 

provoquen la deformaci6 pHtstica deIs minerals, orientant-Ios en determinades di
reCClOns. Aquesta relaci6 entre l'anisotropia sismica i la deformaci6 de les roques 
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i els seus minerals suggereix que l'estudi d'aquest fenomen pot ser una eina molt 

valuosa per a obtenir informaci6 no nomes sobre l'estructura del mantel! superior, 

sino tambe sabre la deformacio tectonica i els processos dinamics que ocorren en el 

mantell superior subcontinental. 

Les ones anomenades SKS s6n ones especialment adequades per a detectar 

anisotropia sismica. Aixo es degut al fet que quan aquestes ones es propagen per 

un medi anisotropic, l'ona SKS es separa en dues ones polaritzades perpendicular

ment i que viatgen a diferent velocitat. Aquestes dues arribades es poden detectar 

facilment ales estacions sismiques. Analitzant la part del sismograma on es troba 

aquesta ona SKS, es pot recuperar informaci6 sobre l'orientacio dels minerals. A 

mes, la diferencia entre els temps d'arribada de les dues ones originades ens dona 

informaci6 sobre la magnitud 0 el gruix de la capa anisotropica, es a dir, de la 

capa on hi ha hagut deformaci6. En aquest capitol es descriu un metode amb el 

qual es pot determinar la profunditat de la zona anisotropica estudiant la variabili

tat lateral de la detecci6 del splitting -0 separaci6 d'una ona en dues- en diferents 

estacions sismiques relativament properes l'una de l'altre. Els resultats assenyalen 

que, en el mantel! sub-litosferic localitzat sota els Pa"isos Baixos i zones circumdants 

i a una profunditat d'uns 400 km aproximadament, s'observa la presencia d'una 

zona anisotropica que indica que la deformacio en aquesta zona esta sotmesa a una 

variaci6 lateral significativa. Al final del capitol es fa una valoraci6 de diferents 

interpretacions possibles d'aquesta deformaci6. 

En el Capitol 3 es presenta un model tridimensional de la velocitat de l'ona Sa 

America del Nord i Central. L'ona S sovint es anomenada tamhe ona transversal 

degut al fet que en aquesta ona les particules oscil·len en un pIa perpendicular a 

la direcci6 de propagaci6. Per a obtenir el model esmentat s'han emprat ones su

perficials i s'han invertit un total de 275 "formes d'ones". La inversi6 de formes 

d'ona ha esdevingut un dels metodes mes potents per a millorar els models ja exis

tents de l'estructura de la Terra. Aquest metode consisteix basicament en calcular 

sismogrames sintetics a partir d'un model teoric de la Terra, i comparar-los als 

sismogrames enregistrats en les estacions sismiques. A continuaci6, en un proces 

iteratiu, el model teoric inicial es va modificant fins a minimalitzar la diferimcia 

entre les dades teoriques i les experimentals. 

La resoluci6 lateral del model que es presenta en aquest capitol es aproximada

ment d'uns 500 km. Amb aquesta resoluci6 el model obtingut omple el buit entre, 

per a una banda els models globals i de gran escala, i per l'altra els models regionals 
de zones relativament petites dels Estats Units. La caracteristica mes destacable 
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de les imatges obtingudes es la rapida transici6 entre les baixes velocitats sismiques 

en la zona tectonicament activa, a l'oest de les Muntanyes Rocalloses, i les altes 

velocitats en la zona mes estable, la part central i est de Nord America. Ames, el 

model presenta heterogene"itats interessats a una escala mes redu"ida. 

En el Capitol 4 es presenta un estudi relacionat amb la propagaci6 d'ones su

perficials al mantell superior. En les inversions d'ones superficials tradicionalment 

s'assumeix que aquestes ones es propagen seguint el cercle -anomenat el "gran 

cercle" - que uneix la font amb l'estaci6 sismica al llarg de la superfie de la Terra. 

Aquesta aproximaci6 nomes es valida si l'heterogene"itat lateral es petita respecte 

la longitud d'ona. En aquest capitol s'estudia la validesa d'aquesta hipotesis. Per a 

aixo s'utilitza un metode que consisteix en reconstruir els fronts d'ona -comparables 

als anells observats quan tirem una pedra a un estany- per a poder determinar la 

direcci6 d'arribada de les ones ales estacions sismiques. En general, per a periodes 

entre 16 i 100 segons, els resultats indiquen que les ones arriben amb una desviaci6 

maxima d'uns 8 graus respecte al gran cercle. Aixo significa que l'error relatiu comes 

caIculant velocitats de fase de les ones sense tenir en compte la desviaci6 alllarg de 

la seva trajectoria es inferior a un 1%. Cal esmentar, pero, que les ones correspo
nents a la majoria dels sismes emprats per a aquest estudi es propaguen a traves 

d'un cami oceanic. Als continents l'estructura es en general molt mes complexa, la 

qual cosa significa que si les ones es propaguen a traves d'un cami continental, la 

possibilitat d'observar desviacions mes grans respecte al gran circle seria molt mes 
elevada. 

En el Capitol 5 la propagaci6 de les ones superficials es estudiada des d'un al

tre punt de vista. En aquest capitol, per a caIcular la desviaci6 de I'ona degut 

a heterogene"itats laterals s'utilitza el metode anomenat "beamforming". Aquesta 

desviaci6 ens d6na informaci6 sobre el gradient transversal de Ia velocitat al llarg 

del cam! de propagaci6. En particular, en aquest estudi apliquem el "beamform

ing" al mode fonamental de les ones superficials anomenades Rayleigh dins una 

banda de periode entre 20 i 100 segons. Aquestes dades provenen de sismes proce

dents del sud-oest d'Europa, les quaIs han estat enregistrades ala xarxa d'estacions 

NARS-NL, instaI·lada als Pa"isos Baixos i als seus voltants. L'objectiu d'aquest 

treball es obtenir nova informaci6 sobre l'estructura que hi ha sota l'anomenada 

Tornquist-Teisseyre Zone (TTZ). La TTZ marca la transici6 entre les altes veloc

itats sismiques a l'escor~a, relativament gruixuda, de la Plataforma Precambrica 

de I'Est d'Europa (EEP), i les velocitats relativament mes baixes a l'escorca, mes 
prima i jove, de I'Europa Phanerozoica Central i Oest -0 tambe anomenada I'Europa 
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Teetonica (TE). En aquest estudi es fa evident que l'escorl<a en la EEP es mes gruix
uda que en la TE, i a mes, que la velocitat als primers 150 km del mantell superior 

sota la EEP es aproximadament un 10% mes elevada que sota la TE. Tambe es 

demostra que per a determinar l'amplada de la zona de transid6, caldria disposar 

de sismes amb un patr6 de radiaci6 a la font mes favorable que els de les dades 

utilitzades per a aquest treball. 
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Resumen 

La Tierra en que vivimos es un cuerpo muy complejo sometido a un cambi 

constante debido a fuerzas tanto de corta como de larga duracion. Por ejemplo, 

mientras que los terremotos y las erupciones volcanicas se producen en un margen 

de tiempo relativamente corto -del orden de dias, horas e incluso minutos-, las pla

cas tectonicas en la superficie del Planeta se encuentran en continuo movimiento 

a escala de tiempo geologico -es decir, del orden de millones de anos. Un ejemplo 

concreto que nos permite ilustrar este ultimo caso es el de la formacion de cordilleras 

o macizos montanosos como los pirineos, los Alpes 0 el Himalaya. Estos procesos 

que continuamente infl.uyen sobre la capa mas exterior de la Tierra -de unos 100 km 

de espesor, Hamada litosfera- i la capa adyacente -que llega hasta unos 700 km de 

profundidad, Hamada manto superior-, se refl.ejan en la superfieie perc solo parcial

mente. Por ejemplo, la presencia de fosas oceanicas profundas -una caracteristica 

de primer orden de la batimetria de los oceanos- se puede interpretar como una indi

cacion de 1a existencia de una zona de subduccion -0 zona donde la placa oceanica se 

hunde bajo el manto de la placa continental adyacente en la zona de convergencia-, 

pero, en cambio, la morfologia de la superficie no nos da ninguna informacion sobre 

la geometria de la placa que subduce. Del mismo modo, los estudios geo1ogicos 

de cordilleras, por ejemplo, nos dan informacion sobre la estructura poco profunda 

de los procesos de deformacion responsables de su formacion. El estudio de rocas 

que actualmente se encuentran en la sllperficie pero que han sido deformadas en la 

litosfera a cierta profundidad, nos puede ayudar a comprender mejor los procesos 

que ocurren en partes mas profundas de la Tierra. De todos modos, en este caso 

los procesos deducidos de las rocas observadas en la superficie, son procesos que 

ocurrieron en el pasado -hablando en terminos geoI6gicos-, y la situaci6n actual 

-sobretodo su relaeion con las estructuras mas superficiales- es a menudo dudosa. 

Asi, para comprender mejor el comportamiento dinamico de la litosfera y del manto 

,superior, necesitamos adquirir mas conocimientos sobre la estructura actual de la 

ITierra a cierta profundidad -debajo la superficie facilmente accesible. 

Ya desde principios de siglo la Sismologia ha demostrado ser una herramienta 

iindispensable para el estudio del interior de la Tierra. Las ondas sismicas generadas 

Ipor los terremotos contienen informaci6n sabre las propiedades elasticas del material 
la traves del cual la onda se propaga. De este modo, analizando las diferentes 

IrroPiedades de las ondas sismicas registradas en las redes sismicas, instaladas en 
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diferentes partes del globo terrestre, podemos ampliar nuestros conocimientos sobre 

la composicion, estructura termica y comportamiento dinamico de la Tierra. En 

una primera aproximacion, la estructura y las propiedades fisicas de la Tierra -como 

por ejemplo la velocidad sismica de las mencionadas ondas- pueden describirse a 

partir de modelos radialmente simetricos. En estos modelos las propiedades de los 

materiales que forman la Tierra no varian lateralmente, sino que solo dependen de la 

profundidad con respecto a la superficie. De todos modos, para poder comprender 

los procesos dinamicos que ocurren en el interior de nuestro Planeta, es indispensable 

conocer las variaciones laterales a diferentes escalas de, por ejemplo, la velocidad 

sismica. Especialmente en el manto superior, las heterogeneidades laterales juegan 

un papel muy importante en el proceso de conveccion, proceso que parece estar 

intrinsicamente relacionado con la teoria tectonica de placas que tiene lugar en la 

superficie. 

Uno de los dos objetivos mas importantes del trabajo descrito en esta tesis es 

mejorar el conocimiento actual de la estructura del manto superior en determinadas 

zonas de la Tierra. El segundo, consiste en contribuir a una mejor comprensi6n de 

la propagacion de las ondas superficiales. Tal y como su nombre indica, estas ondas 

se propagan a 10 largo de la superficie de la Tierra de la misma manera que las 

ondas generadas en un estanque al arrojar una piedra al agua. Con este objetivo, 

en esta tesis se estudia la validez de algunas hipotesis generalmente utilizadas en 

el analisis de ondas superficiales, hipotesis que a su vez son transcendentales para 

la interpretacion de los modelos de velocidad de las ondas sismicas en el manto 

superior. En este contexto, este trabajo describe cuatro aspectos diferentes de la 

investigacion en el campo de la Sismologia. Estos cuatro estudios tienen en comun 

el hecho que todos ellos hacen uso de datos sismicos de banda ancha -tanto para 

ondas internas, las cuales se propagan por el interior de la Tierra, como para ondas 

superficiales-, registrados por redes sismicas (0 sismografos) regionales, 0 bien por 

sismografos distribuidos uniformemente en la zona de estudio. Con los sismografos 

lIamados de banda ancha se puede obtener mucha mas informacion sobre las formas 

de onda de la que se obtendria utilizando instrumentos de periodo corto 0 largo. 

El trabajo que aqui se expone ha sido estructurado de manera que cada capitulo 

puede ser leido independientemente. Despues de un capitulo a modo de intro

duccion, la tesis se divide en los siguientes apartados: 

En el Capitulo 2 el tema central es el estudio del fenomeno de la anisotropia 

sismica en el manto superior subcontinental. En un medio anisotropico la velocidad 

de propagacion de las ondas sismicas no depende solamente del material a traves del 
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cual viajan, sino que tambien depende de la direcci6n de propagacion de la onda. En 

el manto, esta dependencia de la direcion de propagacion puede ser debida a proce

sos dimimicos que provocan la deformaci6n plastica de los minerales, orientandolos 

asi en determinadas direcciones. Esta relacion entre la anisotropia sismica y la de

formacion de las rocas y de los minerales que las forman sugiere que el estudio de 

este fenomeno puede ser una herramienta importante para obtener informacion, no 

solo de la estructura del manto superior, sino tambien de la deformacion tectonica 

y de los procesos dinamicos que ocurren en el manto superior subcontinental. 

Las ondas llamadas SKS son especialmente adecuadas para detectar anisotropia 

sismica. Esto es debido al hecho que cuando una onda SKS se propaga por un 

medio anisotropico, esta se separara en dos ondas polarizadas perpendicularmente 

que se propagan a distinta velocidad. La llegada de estas dos ondas resultantes 

se puede detectar facilmente en las estaciones sismicas. Analizando la parte del 

sismograma en que se encuentran las ondas SKS se puede obtener informacion so

bre la orientacion de los minerales. Ademas, la diferencia entre los tiempos de 

llegada de estas dos ondas nos da informacion sobre la magnitud 0 el espesor de 

la capa anisotropica, es decir, de la capa que ha sido sometida a deformaciones. 

En este capitulo se describe un metodo con el cual es posible determinar la pro

fundidad de la zona anisotropica por medio del estudio de la variabilidad lateral 

en la deteccion del splitting -0 separacion de una onda en dos nuevas ondas- en 

diferentes estaciones sismicas relativamente proximas entre si. Segun los resultados, 
en el manto sublitosferico localizado debajo de los Paises Bajos y zonas proximas, 

y a una profundidad de unos 400 km aproximadamente, se observa la presencia de 

una zona anisotropica que indica que la deformacion en esta zona esta sometida a 

una variacion lateral significativa. Al final del capitulo se hace una valoracion de 

diferentes interpretaciones posibles de esta deformacion. 

En el Capitulo 3 se presenta un modele tridimensional de la velocidad de la onda 

S en America del Norte y Central. La onda S es a menudo Hamada onda transversal, 

debido a que en esta onda las partfculas oscilan en un plano perpendicular a la 

direccion de propagaci6n. Para obtener el modelo mencionado se han utilizado ondas 

superficiales y se han invertido un total de 275 "formas de onda". La inversi6n de 

formas de onda se ha convertido en uno de los metodos mas potentes para mejorar 

los modelos de la Tierra ya existentes. Este metoda consiste blisicamente en calcular 

sismogramas sinteticos a partir de un modelo teorico de la Tierra, y compararlos 

con los sismogramas registrados en las estaciones sismicas. A continuacion, en un 

proceso iterativo, el modele teorico inicial se va modificando hasta minimalizar la 
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diferencia entre los datos teoricos 0 sinteticos y los experimentales. 

La resolucion lateral del modelo que se presenta en este capitulo es de unos 

500 km aproximadamente. Con esta resolucion el modelo obtenido llena el vacio 

entre los modelos globales y de gran escala, pOl' una parte, y los modelos regionales 

de zonas de los Estados Unidos relativamente pequenas, pOl' otra. La caracteristica 

mas destacable de las imagenes obtenidas es la rapida transicion entre las bajas 

velocidades sismicas en la zona tectonicamente activa al oeste de las Montanas 

Rocosas, y las velocidades relativamente altas en la zona mas estable, la parte 

central y este de America del Norte. Ademas, el modelo presenta heterogeneidades 

interesantes a una escala mas reducida. 

En el Capitulo 4 se presenta un estudio relacionado con la propagacion de ondas 

superficiales en el manto superior. En las inversiones de ondas superficiales tradi

cionalmente se asume que estas se propagan siguiendo el circulo -llamado el "gran 

circulo" - que une el epicentro con la estacion sismica a 10 largo de la superficie 

de la Tierra. Esta aproximaci6n es valida si la heterogeneidad lateral es pequena 

con respecto a la longitud de onda. En este capitulo se estudia la validez de esta 

hipotesis. POI' este motivo se utiliza un nuevo metodo que consiste en reconstruir 

los frentes de onda -comparables a los anillos observados ruando se echa una piedra 

a un estanque- para poder determinar la direcci6n de llegada de las ondas a las 

estaci6nes sismicas. En general, para periodos entre 16 y 100 segundos, los resul

tados indican que las ondas llegan con una desviacion maxima de unos 8 grados 

con respecto al gran circulo. Esto significa que el error relativo cometido al calcu

lar velocidades de fase sin tener en cuenta la desviacion de las ondas a 10 largo de 

su trayectoria es inferior al 1%. Cabe decir que las ondas correspondientes a los 

seismos utilizados en este estudio se propagan a traves de un camino oceanico. En 

los continentes la estructura es en general mucho mas compleja, con 10 cual, para 

ondas que se propagan a traves de un camino continental, la posibilidad de observar 

desviaciones mas grandes con respecto al gran circulo es mucho mayor. 

En el Capitulo 5 la propagaci6n de ondas superficiales es estudiada desde otro 

punto de vista. En este capitulo, para calcular la desviacion de la onda debido a het

erogeneidades laterales se usa el metoda llamado "beamforming". Esta desviacion 

nos da informacion sobre el gradiente transversal de la velocidad a 10 largo del 

camino de propagaci6n. En particular, en este estudio se aplica el 'beamform

ing" al modo fundamental de las ondas superficiales llamadas de Rayleigh, dentro de 

una banda de periodo entre 20 y 100 :segundo:s. E:sto:s dato:s provienen de :sei:smo:s 

originados en el sudoeste de Europa, y que han sido registrados en la red de esta
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ciones NARS-NL, instalada en los Paises Bajos y sus alrededores. El objetivo de 

este trabajo es obtener informacion sabre la estructura existente debajo la Hamada 

Tornquist-Teisseyre Zone (TTZ). La TTZ sefiala la transicion entre las altas veloci

dades sismicas en la corteza, relativamente gruesa, de la Plataforma Precambrica 

del Este de Europa (EEP), y las vclocidades relativamente menores de la corteza, 

mas delgada y joven, de la Europa Phanerozoica Central y Oeste -0 tambien Ha

mada la Europa Tect6nica (TE). Este estudio evidencia que la corteza en la EEP 

tiene mas espesor que en la TE, y ademas, que la velocidad en los primeros 150 km 

del manto superior debajo la EEP es aproximadamente un 10% mas elevada que 

debajo la TE. Tambien se demuestra que para determinar la anchura de la zona 

de transici6n, seria necesario disponer de eventos con un patron de radiacion en la 

fuente sismica mas favorable que el de los datos usados en este estudio. 
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