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Samenvatting

De ijskappen van Antarctica en Groenland bevatten samen meer dan 99% van het zoetwa-
tervolume op Aarde. Als deze enorme ijsmassa’s geheel zouden smelten, zou de gemiddelde
zeespiegel met meer dan 60 meter stijgen. Bovendien zijn er sinds de jaren ’90 een steeds toe-
nemend aantal indicaties dat beide ijskappen signiVcante hoeveelheden ijs verliezen, en dat dat
verlies ook is toegenomen sinds het begin van deze eeuw. Als we het huidige klimaat van deze
ijskappen beter willen begrijpen, evenals hun reactie op een veranderd klimaat, moet ik het
begrip massabalans introduceren. De massabalans van een ijskap vormt, zoals de naam doet
vermoeden, het verschil tussen inkomende massa en uitgaande massa. De inkomende massa
wordt voorzien door neerslag. De gevallen sneeuw verandert langzaam in ijs, wat de ijskap
afstroomt en afkalft in zee. De sneeuw die gevallen is, kan ook smelten bij temperaturen bo-
ven nul, herbevriezen in het sneeuwpakket, of uiteindelijk afgevoerd worden via smeltkanalen
richting de oceaan. De som van de oppervlakteprocessen (sneeuwval, afvoer van smeltwater)
wordt de oppervlaktemassabalans (OMB) genoemd.

Echter, vaak wordt in deze balans een ander eUect vergeten. Een groot deel van het jaar is het
namelijk op Antarctica en Groenland te koud voor smelt, en treedt er een proces op wat veel
minder bekend is: sublimatie. Sublimatie is de rechtstreekse faseovergang van vaste toestand
(sneeuw) naar gastoestand (waterdamp), en komt in speciVeke omstandigheden voor. Ten eer-
ste kan sublimatie worden geïnitieerd in droge lucht en een temperatuur dichtbij het vriespunt
(oppervlaktesublimatie). Een tweede mechanisme echter zorgt voor een eUectiever mecha-
nisme voor de totstandkoming van sublimatie. Met name in de winter waait er namelijk over
het algemeen een droge, harde wind over de ijskappen, die gerelateerd is aan de symmetri-
sche vorm van de ijskaptopograVe, de zogenaamde katabatische wind. Deze wind is uitermate
uniform in richting, en is zeer eUectief in het opdwarrelen van verse sneeuwdeeltjes, leidend
tot sneeuwdrift. Hierdoor worden deze sneeuwdeeltjes blootgesteld aan de omringende droge
atmosfeer, en komt sublimatie tot stand. Dit proces wordt sneeuwdriftsublimatie genoemd.

Naast het potentieel om sneeuw te sublimeren, wordt sneeuw ook door de wind getranspor-
teerd. Hierdoor treedt ruimtelijke herverdeling van sneeuw op: op plekken waar de wind-
snelheid relatief laag is, wordt netto sneeuw gedeponeerd, terwijl op andere plekken de harde
wind de verse sneeuw allemaal wegblaast. Dit proces noemen we sneeuwdrifterosie.

Zowel sneeuwdrifterosie als -sublimatie hebben een impact op de massabalans van een ijskap.
Hoe groot die impact precies is, was tot nu toe niet bekend. Door de vaak zware weersom-

iii



iv Samenvatting

standigheden, is meten van sneeuwdrift onmogelijk. Een andere manier om sneeuwdrift te
berekenen is aan de hand van modellen, maar vaak wordt in dit soort studies het eUect van
sneeuwdrift op de OMB niet meegenomen. De studie die in dit proefschrift wordt gepresen-
teerd, gebruikt een regionaal klimaatmodel (RACMO2) om het eUect van sneeuwdrift op de
oppervlaktemassabalans van de ijskappen te begrijpen en te kwantiVceren. Een regionaal kli-
maatmodel is feitelijk niks anders dan een weermodel, maar dan aangedreven aan de randen
van het ruimtelijke modeldomein met de waargenomen staat van de atmosfeer. Het model
bevat ook een sneeuwmodule, wat de processen beschrijft die plaatsvinden nadat sneeuw valt
(zoals smelt, herbevriezing, densiVcatie, enz.), zodoende kunnen we het recente klimaat van
ijskappen realistisch simuleren.

In Hoofdstuk 2 behandel ik de manier waarop de sneeuwmodule in RACMO2 is uitgebreid met
een routine die sneeuwdrift berekent. De handelswijze is zo, dat de wederzijdse impact van
sneeuwdrift op de atmosfeer en het sneeuwoppervlak in rekening worden gebracht. Hierdoor
kunnen we onderzoeken wat de belangrijke interacties zijn die een rol spelen in het sneeuw-
driftklimaat van Groenland en Antarctica.

Hoofdstuk 3 beschrijft de proefstudie die is uitgevoerd met het 1-kolomsmodel van RACMO2.
Hierin beschouw ik 1 verticale kolom lucht, die wordt beschreven met waargenomen atmos-
ferische proVelen op de Duitse Neumayer-basis, gelegen op een ijsplaat aan de kust van Oost-
Antarctica. Deze methode is bij uitstek geschikt om op een gecontroleerde manier na te gaan
wat het belang is van sneeuwdriftsublimatie. Deze dataset bevat 15 jaar (1993-2007) data,
waardoor we ook kunnen analyseren of de seizoens- en interjaarlijkse variabiliteit belangrijk
is. De resultaten wijzen uit dat gemiddeld 16% van de gevallen sneeuw elk jaar wordt verwij-
derd door sneeuwdriftsublimatie, equivalent aan ongeveer 80 mm water per jaar. Het blijkt
ook dat sneeuwdriftsublimatie niet alleen afhankelijk is van windsnelheid, maar ook van de
hoeveelheid vocht in de atmosfeer nabij het oppervlak; sublimatie vindt namelijk enkel plaats
als de lucht onverzadigd is en er nog productie mogelijk is van waterdamp. De tijdsvariaties
zijn signiVcant, vooral tussen zomer en winter. In de zomer is het op Neumayer vrij zacht
en waait het minder hard, waardoor sneeuwdrift een minder frequent fenomeen is dan in de
winter. Tenslotte laten we ook zien dat sneeuwdriftsublimatie, door het ontsnappen van extra
latente warmte, de atmosfeer vochtiger maakt, waardoor het proces zichzelf limiteert.

In Hoofdstuk 4 en 5 maak ik de overstap naar het volledige RACMO2-model in 3 dimensies.
Hierdoor kunnen we niet alleen de temporele, maar ook de ruimtelijke variaties van sneeuw-
driftprocessen in kaart brengen. Bovendien kunnen we met de ruimtelijke dimensie incluis
nu ook expliciet de sneeuwdrifterosieterm uitrekenen. Hoofdstuk 4 focust op de evaluatie van
het RACMO2-model boven Antarctica. Door een gedegen vergelijking met waarnemingen
van windsnelheid en temperatuur nabij het oppervlak, sneeuwdriftfrequenties gemeten aan
de grond en via satelliet, en ablatiegebieden (gebieden met een negatieve OMB) in Antarctica,
toon ik aan dat RACMO2 het Antarctisch atmosferische klimaat realistisch simuleert. Deze
evaluatie stelt mij in staat om het Antarctisch sneeuwdriftklimaat te analyseren in Hoofdstuk
5. Hierin laat ik zien dat sneeuwdrift erg varieert van plaats tot plaats. In grote delen van
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de Oost-Antarctische kustgebieden vindt er meer dan 50% van de tijd sneeuwdrift plaats, en
is sneeuwdriftsublimatie een eUectief mechanisme om sneeuw te verwijderen van het opper-
vlak, equivalent aan 50 tot 150 mm per jaar. Sneewdrifterosie varieert meer als functie van
de topograVe en de gerelateerde windsnelheid en -richting, maar is minder belangrijk dan
sneeuwdriftsublimatie. De impact van sneeuwdriftsublimatie is groter dan die van oppervlak-
tesublimatie, en verwijdert ongeveer 7% van de sneeuw als we de massa integreren over de
hele Antarctische ijskap.

In Hoofdstuk 6 presenteer ik een nieuwe oppervlaktemassabalans van de Antarctische ijskap.
Door het in rekening brengen van sneeuwdriftprocessen krijgen we een idee van de grootte
van de verschillende componenten. De oppervlaktemassabalans van Antarctica wordt in grote
mate bepaald door sneeuwval. Jaarlijks valt ongeveer 2700 Gt (gelijk aan 2700 miljard kg)
sneeuw op de Antarctische ijskap,. Door de koude omstandigheden valt er nauwelijks vloei-
bare neerslag, en herbevriest de grote meerderheid van de gesmolten sneeuw. Sneeuwdriftsu-
blimatie is het grootste ablatiemechanisme, en is ongeveer drie keer zo groot dan oppervlakte-
sublimatie. Opvallend is ook dat de Antarctische OMB gekarakteriseerd wordt door een signi-
Vcante interjaarlijkse variabiliteit en jaarlijkse gang, hetgeen een belangrijk resultaat is voor
de interpretatie van korte tijdsseries van Antarctische OMB. De gemodelleerde oppervlakte-
massabalans vertoont uitstekende overeenkomst met lokale metingen, en is vergelijkbaar met
eerder gepubliceerde waarden.

Het regionaal klimaatmodel gebruikt een discreet grid waarop het berekeningen uitvoert. De
horizontale gridafstand bepaalt in welke mate topograVe is opgelost, en daarmee samenhan-
gend de windgradiënten aan het oppervlak. Hoofdstuk 7 illustreert deze kwestie; hierin heb ik
de horizontale resolutie van het model met een factor 5 verhoogd, en toegepast op een Oost-
Antarctische sector die bekend staat om de enorme windsnelheden, en dito sneeuwdrift. Eerst
laat ik zien dat bij een hogere resolutie het model inderdaad beter presteert in het simuleren
van de extreme windsnelheden. Dit heeft grote gevolgen voor het oplossend vermogen van
het model voor lokale gradiënten in sneeuwdrifterosie die samenhangen met subtiele variaties
in topograVe. Hierdoor wordt ook de lokale oppervlaktemassabalans signiVcant aangepast. In-
teressant is echter dat de geïntegreerde oppervlaktemassabalans nauwelijks afhankelijk is van
resolutie, hetgeen erop wijst dat de resultaten uit Hoofdstuk 4 tot en met 6 op een regionale
schaal realistisch zijn. Tenslotte focus ik op de Byrd-gletsjer, een enorme snelstromende ijsri-
vier die uitmondt in de Ross-ijsplaat. Het snelstromende uiteinde van die gletsjer bevindt zich
in een nauwe vallei, waarin de wind aan het oppervlak door conWuentie sterk wordt versneld.
Hierdoor verwijderen sneeuwdriftprocessen meer sneeuw dan er jaarlijks valt: de oppervlak-
temassabalans is negatief. Dit verschijnsel is realistisch gemodelleerd op hoge resolutie, maar
niet op de originele resolutie, hetgeen erop wijst dat voor het simuleren van dit soort lokale
fenomenen een hogere resolutie noodzakelijk is.

Hoofdstuk 8 beschrijft het sneeuwdriftklimaat van de Groenlandse ijskap. Aangezien me-
tingen van sneeuwdrift ook op Groenland afwezig zijn, richt de modelevaluatie zich op het
windklimaat, en laat ik zien dat ook op Groenland het gemodelleerde windklimaat realistisch
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is. Doordat de atmosfeer nabij het sneeuwoppervlak op Groenland veelal warmer is dan die in
Antarctica, is de invloed van sneeuwdrift op Groenland minder signiVcant dan op Antarctica.
Toch vinden we ook hier sneeuwdriftsublimatie in de hoger gelegen kustregio’s, waar de wind
het hardst waait en het nog relatief koud is. Sneeuwdrift op Groenland vindt met name plaats
in de winter, omdat in de zomer door smelt de sneeuw nat wordt en niet meer zo makkelijk
opstuift. Sneeuwdriftsublimatie is ongeveer 50% groter dan oppervlaktesublimatie, maar is
relatief onbelangrijk in vergelijking met sneeuwval en de afvoer van smeltwater.

Tenslotte illustreer ik in het laatste Hoofdstuk, Hoofdstuk 9, mogelijkheden voor vervolgon-
derzoek. Allereerst is er behoefte aan gedegen metingen, aangezien die nodig zijn voor mo-
delevaluatie, maar ook om de relevante processen in meer detail te kunnen begrijpen. Daarom
heeft het IMAU een meetopstelling ontworpen en in augustus opgesteld op de Groenlandse
ijskap, hetgeen wordt beschreven in de eerste sectie. Verder geef ik een overzicht van model-
studies waar we momenteel aan werken, die verder ingaan op het belang van sneeuwdrift in
Antarctica en Groenland in huidig en toekomstig klimaat.



1
Ice sheet climate

This introductory chapter presents an overview of the past, present and future climate of
the Earth’s ice sheets, Antarctica and Greenland. Particular focus is put on the diUerences
between the two ice sheets regarding their present-day climate. Then, important processes that
determine ice sheet mass balance are introduced, and I brieWy discuss the most recent scientiVc
eUorts that have increased our understanding of these processes. Finally, I introduce the
process of drifting snow. First, the wind climate of the ice sheets is presented, and the second
part focuses on the most important theoretical aspects of drifting snow, and summarizes the
current knowledge of these processes.

1



2 1.1. Earth’s ice sheets in past and present-day climate

1.1 Earth’s ice sheets in past and present-day climate

Earth’s ice sheets in Greenland and Antarctica are an important part of the climate system on a
wide range of temporal and spatial scales. The glacial history of the Earth is complex; records
of oxygen isotopes (e.g. Petit et al. (1999)) demonstrate that in the past million years, Earth’s
climate has gone through a succession of glacial and interglacial periods (Zachos et al. (2001)).
Even within the last 2.5 million years, during the Pleistocene, the ice sheets of Greenland
and Antarctica have been fully grown onto the continental shelves in glacial eras (Pollard and
DeConto (2009)) and have collapsed during warm periods (Scherer et al. (1998), Koerner (1989),
Pollard and DeConto (2009)). Because of freshwater input during warm periods and storage
of ocean water in land ice in colder times, sea levels have been Wuctuating strongly (>100 m)
between glacials and interglacials (Bintanja et al. (2005), Lambeck and Chappell (2001)). Since
the most recent glaciation (Last Glacial Maximum) ended ∼20,000 years ago, the Earth lost
two major Northern Hemisphere ice sheets (Bintanja and Van de Wal (2008)), with ice loss
equivalent to∼120 m of sea level rise (Peltier (2002)). The present-day ice sheets of Greenland
and Antarctica still contain ice equivalent to∼65 m (Lemke et al. (2007)) eustatic sea level rise,
which represents more than 99% of the total land ice volume (Radić and Hock (2011)).

Since 1750, increased global industrialization, agriculture and transport have strongly en-
hanced burning of fossil fuel. In response, atmospheric CO2 levels have increased dramatically,
from 280 ppmv in 1750 to 392 ppmv in 2011, and the increase of atmospheric CO2 has been ac-
celerating from 0.85 ppmv yr−1 in the 1960’s to 2 ppmv yr−1 in 2000-2011. CO2 is a greenhouse
gas, trapping longwave radiation. Apart from CO2, and among many others, methane (CH4)
and nitrous oxide (N2O) are important greenhouse gases, whose atmospheric concentrations
have increased in the recent decades. The combined radiative forcing, deVned as the alteration
of the balance between incoming and outgoing energy in the Earth-atmosphere system, of in-
creased amounts of greenhouse gases in the atmosphere since 1750 is estimated at +1.6 ± 0.9
W m−2, resulting in atmospheric warming. Figure 1.1 shows interesting regional diUerences
of the near-surface temperature increase (at 2 m above the surface). Firstly, warming on land
has been larger than above oceans due to the larger capacity of water to store heat than soil
or vegetation. Secondly, and more important for the subject of this thesis, atmospheric warm-
ing ampliVes towards high latitudes in the Northern Hemisphere, whereas no such signal is
observed in the Southern Hemisphere.

Explaining these trends requires understanding of the global atmospheric and oceanic circu-
lation. The Arctic (north of 68◦N) consists largely of ocean. This allows the intrusion of
relatively warm, salty ocean water from the subtropical regions towards the north. Warm
surface waters release more heat and moisture into the atmosphere, preventing very low tem-
peratures to occur in the Arctic. This heat and moisture exchange is limited by the presence of
a semi-permanent, up to 5 m thick sea ice cover. However, global warming caused large parts
of the sea ice that covers most of the Arctic Ocean to melt (Rothrock et al. (1999), Comiso et al.
(2008)). Snow-covered sea ice, which reWects∼80% of the incoming solar radiation, is replaced
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Figure 1.1: Near-surface temperature trend from ERA-Interim reanalysis data (1979-2011). (A) Global
map, (B) map of Antarctica and (C) map of Greenland.
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4 1.2. Ice sheet mass balance

by ocean water, only reWecting <10% of that incoming solar radiation. This feedback, the so-
called ice-albedo feedback is assumed to be the primary driver of enhanced Arctic warming
(Perovich et al. (2008), Figure 1.1).

On the other side of the globe, the story is diUerent. In the Southern Hemisphere, most of
the tropical, sub-tropical and sub-polar regions are covered with ocean water: the Southern
Ocean. In winter, sea ice covers a large part of this area, which largely disappears in summer
(Figure 1.4). Further south, however, we Vnd the vast continent of Antarctica, which covers
broadly the entire 65-90◦S latitudinal range. This geographical symmetry on the Southern
Hemisphere has important consequences for Antarctica’s climate. The band of low pressure
systems (the circumpolar pressure trough) and the associated upper atmospheric polar vortex
is much more symmetric than in the Arctic, since fewer continental barriers exist that disturb
the atmospheric Wow. Therefore, the poleward transfer of heat by topography is limited. A no-
table exception is the Antarctic Peninsula, a mountain range that extends from 60 to 75◦S and
continues across the Drake Passage into southern Patagonia and the Andes. The abundance
of ocean surface with vigorous vertical mixing explains the limited Antarctic warming (Figure
1.1); local warming observed in West Antarctica (Steig et al. (2009)) and the Antarctic Penin-
sula (Vaughan et al. (2003)) can be explained by enhanced westerlies following stratospheric
ozone depletion (Thompson and Solomon (2002)).

1.2 Ice sheet mass balance

The temporal change in ice mass is, somewhat confusingly, called ice sheet mass balance. If
the total mass of an ice body is stable in the course of time, its mass balance equals zero.
However, this is never the case, as ice sheets are continuously adjusting their mass towards a
new equilibrium state that is determined by the climatic conditions. Ice sheet mass changes
by two main classes of processes. Firstly, snow accumulates at the surface, but may run oU
the ice sheet when melted, and can sublimate or be redistributed by the wind. The sum of
the above processes is called the surface mass balance (SMB, Figure 1.2). The accumulated
snow slowly changes into Vrn, and Vnally turns into ice. The second class is the movement,
driven by sliding and internal deformation, of ice from the interior ice sheet to the margin,
followed by iceberg calving of ice, or solid ice discharge (D) into the ocean. The ice sheet mass
balance (MB, usually expressed in Gt yr−1) equals SMB minus D. It is important to note that
whereas SMB usually is a positive term (more mass accumulates than is removed by surface
processes), but may also be negative, D is always positive and hence a mass-removing term. In
this section, I discuss the surface mass balance and its components, and thereafter the changes
in ice sheet mass balance that occurred during the last decades.
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1.2.1 Surface mass balance

This thesis focuses mainly on the surface mass balance. In mathematical form, the SMB at a
particular location on the ice sheet, is expressed as:

SMB = PR−RU−SUs−SUds−ERds (1.1)

In equation 1.1, PR equals total precipitation (solid and liquid combined), RU is meltwater
runoU, SUs describes surface sublimation and the last two terms represent sublimation (SUds)
of drifting snow and erosion (ERds) by drifting snow, respectively (Figure 1.2). SMB is usually
expressed in units of mm w.e. yr−1 or kg m−2 yr−1, the same units that are used to express
precipitation in meteorology, or in Gt yr−1 when interested in the spatially integrated amount
of surface mass on a particular ice sheet.

The average near-surface temperature on Antarctica is∼-35oC (Table 1.1). Due to the cold and
dry conditions that prevail over the ice sheet, precipitation generally falls as snow, and most of
the ice sheet area can be classiVed as polar desert, with PR generally lower than 200 mm yr−1.
This is particularly true for the higher regions of East Antarctica, where a layer of snow no
more than 10 cm thick accumulates each year. In the coastal regions, however, and in West
Antarctica and the Antarctic Peninsula in particular, large precipitation amounts occur due to
local topography that forms a barrier for incoming precipitation systems. In response, precip-
itation is strongly enhanced on the windward side of the barrier, while much drier conditions
are found in the lee of these ridges (Turner et al. (2002)). In the Antarctic Peninsula, cyclones
that develop in the Bellinghausen and Amundsen sea sectors can bring extreme snowfall on
the western side; model studies suggest that locally up to ∼10 m (4 m w.e.) of snow accumu-
lates annually (Bromwich et al. (2004),Van de Berg et al. (2006), Van den Broeke et al. (2006a),
Nicolas and Bromwich (2011)). Evidence from in-situ observations is scarce due to the diX-
cult weather conditions, but recent reports conVrm these large accumulation rates (T. Scambos,
unpublished).

Melt is largely absent on the elevated grounded ice sheet, and mainly occurs on the ice shelves
that fringe the continent. Moreover, nearly all meltwater refreezes in the snowpack; hence
meltwater runoU (RU ) is limited, and does not directly contribute to mass loss of the Antarctic
ice sheet. Surface sublimation (SUs) typically occurs in areas where the atmosphere is dry,
calm and relatively mild, such as on ice shelves and coastal areas in summer. The Antarctic ice
sheet SMB (integrated over the grounded ice sheet, Table 1.1) is estimated at ∼2000 Gt yr−1,
and largely dominated by snowfall in the absence of signiVcant runoU and because of the
limited importance of surface sublimation (Van de Berg et al. (2006)).

In Greenland, warmer conditions prevail (average T2m ∼-20oC, Table 1.1). Evidently, due to
its smaller size, the area of high elevation is largely reduced. Moreover, the surrounding ocean
waters are warmer, and the katabatic system less well developed (see Section 1.3). The large-
scale Wow causes large precipitation amounts along the northwestern and southeastern coasts.
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The relatively warm air, originating from the midlatitudes, picks up additional moisture from
the Atlantic Ocean, and is forced to rise once it reaches the steep margin of the ice sheet.
Rising air cools, favoring condensation and subsequent precipitation. Precipitation amounts
along these coasts are similar to those found on the Antarctic Peninsula; model results suggest
that they exceed 4000 mm yr−1 on slopes that are most sensitive to orographic precipitation
(Ettema et al. (2009)). In summer, temperatures regularly reach the melting point in the lower
part of the ice sheet (<2000 m elevation). In that case, precipitation falls in liquid form, and
the surface snow and ice start to melt. In contrast to Antarctica, melt is so abundant, that only
a part of it can refreeze in the snowpack. Integrated over the Greenland ice sheet (1958−2007,
Ettema et al. (2009)), around 7% of the total precipitation (which equals ∼750 Gt yr−1) falls as
rain, and around 30% of the precipitation runs oU and is lost into the ocean. Surface sublimation
is a small term (<30 Gt yr−1), contributing only ∼10% to surface mass loss. The resulting SMB
equals ∼380 Gt yr−1 (Table 1.1).

1.2.2 Recent mass balance changes

Ice sheet mass balance can be obtained by estimating its two components. SMB estimates
are usually from regional climate model integrations, whereas D can be estimated by remote
sensing; ice discharge represents a Wux, requiring vertically averaged velocity, ice Wow width
and thickness. Velocity can be obtained by tracking features on the glacier surface using
satellites (Rignot et al. (2008)), while ice thickness follows from airborne ice penetrating radar
(Gogineni et al. (2001)) or Woatation criteria (Rignot et al. (2008)). Mass balance can also
be obtained more directly, by measuring mass anomalies using repeat gravimetry (Gravity
Recovery and Climate Experiment (GRACE) satellites, e.g. Velicogna (2009)). Alternatively,
mass changes can be estimated from volume changes, inferred from laser or radar altimetry,
although this technique requires knowledge of the Vrn layer density (Helsen et al. (2008)).

Following atmospheric and oceanic warming during the last decades, ice sheets have expe-
rienced signiVcant changes. Floating Antarctic ice shelves that fringe the ice sheet (Figure
1.4) and limit the Wow of ice from the ice sheet towards the ocean, have thinned considerably
(Pritchard et al. (2012)). The northern portions of Larsen ice shelf, located east of the Antarctic
Peninsula, have disintegrated since 1995. This has been connected to both oceanic warm-
ing, thinning the ice shelf from below by basal melting (Shepherd et al. (2003), Figure 1.2),
and increased surface melt through higher atmospheric temperatures in the preceding summer
season (Van den Broeke (2005)). In response, outlet glaciers in the Antarctic Peninsula have
thinned and accelerated considerably, some with a factor of three to eight (Rignot et al. (2004),
Scambos et al. (2004)). The associated mass loss appears to continue to date (Berthier et al.
(2012)).

In the Amundsen Sea sector (Figure 1.4), rapid changes in the dynamic behavior of local outlet
glaciers have also been reported. Pine Island Glacier, draining ∼10% of the West Antarctic ice
sheet (∼75 Gt yr−1), substantially thinned (∼1-3 m per year, Shepherd et al. (2001),Wingham
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et al. (2009)) as a result of a ∼10% increase in glacier speed (Rignot (2002), Rignot et al. (2008)).
The grounding line, marking the border between grounded and Woating ice, rapidly retreated
inland (Rignot (2002)). Similar changes were reported for Thwaites Glacier further west. The
total discharge from Pine Island and Thwaites glaciers increased with∼20% in 10 years (Rignot
et al. (2008)). These changes have been suggested to mark the onset of a prolonged retreat,
because this part of the ice sheet rest on a reversed bed slope (Shepherd et al. (2001)).

Surface mass balance of the Antarctic ice sheet is believed to have remained relatively constant
(Monaghan et al. (2006)), and its inter-annual variability is believed to mask any short-term
trend (Van de Berg et al. (2006)). In Greenland, however, recent ice mass loss is attributed in
roughly equal amounts to decreased surface mass balance and increased solid ice discharge
(Van den Broeke et al. (2009)). Remote sensing observations indicate that melt occurs at in-
creasingly higher elevations, and that melt extent has doubled in the early 21st century com-
pared to the 1980’s (Fettweis et al. (2011)). Pronounced surface melt years, such as 2007, 2010
and 2012, are characterized by high near-surface temperatures in spring, causing early expo-
sure of dark bare ice, which in turn ampliVes surface melt (Tedesco et al. (2010)). The associated
runoU has increased by ∼3% per year in 1990-2007, with respect to 1960-1990 (Ettema et al.
(2009)). Increased precipitation only partly compensates for the increase in meltwater runoU,
so that SMB shows a negative trend (10 ± 2 Gt yr−2, Ettema et al. (2009)) since 1990. In 2007
and 2010, SMB was only marginally positive (<200 Gt yr−1). Greenland outlet glaciers have
shown erratic behavior since remote-sensed observations of their Wow speed and mass have
become available (Chen et al. (2006), Rignot and Kanagaratnam (2006), Stearns and Hamilton
(2007), Luthcke et al. (2006), Wouters et al. (2008), Rignot et al. (2011a), Moon et al. (2012)).
Uncertainties remain large due to the short time series, as multi-annual to decadal Wuctuations
in glacier velocities can be falsely attributed to a longer-term trend (Howat et al. (2011), Bjork
et al. (2012)). Increased calving has been related to both oceanic warming, increasing basal
melt (Holland et al. (2008), Straneo et al. (2011)), and increase of glacier surface melt triggering
glacier acceleration through meltwater percolation (Zwally et al. (2002), Nick et al. (2009)).

Ice sheet mass balance during 1992-2010, as estimated by diUerent techniques, is shown in Fig-
ure 1.3. Whereas both ice sheets were in approximate mass balance (MB=0) before 1995, after
that the mass balance shows a clear downward trend for both ice sheets. Recent (1992-2010)
Greenland ice loss has been ∼150 Gt yr−1, whereas Antarctica has lost around 65 Gt yr−1,
according to a recent study that reconciles all aforementioned techniques (Shepherd et al.
(2012), Table 1.1). Interestingly, inter-annual variability in SMB (Figure 1.3, solid black line)
is a signiVcant fraction of the multi-year mean mass balance (colored boxes), indicating that
the estimates of mass balance covering short time periods may not be representative. This
highlights the importance of accurate estimates of SMB. The current sea level rise contribution
of ice sheets is estimated at 1.3 ±0.4 mm yr−1 (2004-2008, Rignot et al. (2011a), Church et al.
(2011)), which is equivalent to the combined present-day sea level rise contribution of glaciers
and ice caps and thermal expansion (Church et al. (2011)).
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(black) and GRACE (green). Until recently, review articles on ice sheet mass balance listed
results of the above methods in a regular table (Rignot and Thomas 2002; Shepherd and
Wingham 2007), but since the launch of GRACE in 2002, the number of mass balance
estimates has grown rapidly. That is why the box plot has taken over as the preferred
method to present estimates of ice sheet mass balance (Cazenave 2006). The box colour
usually denotes the method used; the horizontal dimension covers the time period over
which mass balance has been averaged, and the vertical dimension represents the uncer-
tainty. If two boxes cover the same period but do not vertically overlap, the uncertainty has
obviously been underestimated in one or both studies. The blue boxes represent 1993–2003
estimates as published in IPCC AR4 (Bindoff et al. 2007). Most MB estimates based on
altimetry date from before 2003, and are based on ERS1/2 radar altimetry data, the
exception being recent studies based on laser altimetry from GLAS onboard ICESat
(2003–2009). Gravimetry estimates start in early 2003, following the launch of the
GRACE satellites.

For both ice sheets, the general picture that emerges from the boxes in Fig. 3 is that of
near balance to modest mass losses in the 1990s, increasing to more substantial mass losses
after 2000. Annual MB values from Fig. 2 are plotted as black dashed lines. In general,
these curves nicely connect the various boxes, confirming many of the earlier studies and
partly explaining the differences among studies in terms of interannual MB variability. The
black lines show that MB can vary substantially within a single box, which means that the
choice of the averaging period is critical for the obtained average MB value and is not
necessarily representative for a longer period. The box plot has the undesirable charac-
teristic to hide the interannual variability, providing a too static picture of ice sheet mass
balance. To do justice to the important interannual variability in MB, we suggest either to

Fig. 3 Recent mass balance estimates (Gt year-1) for the AIS (left) and the GrIS (right), based on altimetry
(red), GRACE (green) and the mass budget method (black). MB data from Fig. 2 are plotted as black
dashed lines with uncertainty margins. Data sources AIS (left): Wingham et al. (1998); Rignot and Thomas
(2002); Davis et al. (2005); Zwally et al. (2005); Velicogna and Wahr (2006b); Ramillien et al. (2006);
Wingham et al. (2006); Chen et al. (2006b); Bindoff et al. (2007); Helsen et al. (2008); Rignot et al. (2008b);
Chen et al. (2009); Data sources GrIS (right): Krabill et al. (2000); Krabill et al. (2004); Velicogna and
Wahr (2005); Thomas et al. (2006); Rignot and Kanagaratnam (2006); Ramillien et al. (2006); Chen et al.
(2006a); Luthke et al. (2006); Bindoff et al. (2007); Wouters et al. (2008); Rignot et al. (2008a); Cazenave
et al. (2009); Velicogna (2009); Schrama and Wouters (2011)
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Figure 1.3: Recent mass balance estimates for the Greenland (a) and Antarctic (b) ice sheets. Taken
from Van den Broeke et al. (2011).

Figure 1.4: Map of Antarctica and names of regions (green), oceanic subareas and ice shelves (blue)
and subcontinental region names (black) that are discussed in the text. Shown by the black solid line is
the grounded ice sheet boundary, whereas the dashed black line delineates the full ice sheet, including
Woating ice shelves. The dashed red and blue lines show the extent of sea-ice from ERA-Interim in
January and July, respectively.
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Table 1.1: Characteristics of the Greenland and Antarctic ice sheets.

Parameter Units Antarctica Greenland Source

Area 106 km2 12.93 1.72 Le Brocq et al. (2010), Citterio and Ahlstrøm (2012)
Volume 106 km3 25.4 2.93 Bamber et al. (2001), Lythe et al. (2001)

Temperature K 235.9 251.7 Chapter 4 and 8
Wind speed m s−1 7.3 6.8 Chapter 4 and 8

SMB Gt yr−1 ∼2000 ∼380 averages of available estimates
Ice discharge Gt yr−1 ∼2200 ∼600 Rignot et al. (2011a) for 1992-2010
Mass balance Gt yr−1 ∼-65 ∼-130 Shepherd et al. (2012) (1992-2010)

1.3 Ice sheet wind climate

Topographic diUerences between both ice sheets have broad implications for their wind cli-
mate. Firstly, the largest area of the Antarctic ice sheet, the Antarctic Plateau, is located above
3000 m above sea level. In winter, when no solar radiation reaches the surface, net longwave
emission cools the surface and creates a downward sensitive heat Wux (Van den Broeke et al.
(2005)), continuously cooling the surface air. This process creates a surface-based temperature
inversion and is responsible for the extremely low (near-)surface temperatures on the Antarctic
Plateau, with temperatures often reaching <-80◦C in winter.

Apart from some large mountain ranges, such as the Transantarctic Mountains in East Antarc-
tica and the Antarctica Peninsula (Figure 1.4), the topography of the Antarctic ice sheet is
rather symmetric. From the Antarctic Plateau, the ice sheet surface slopes down, Vrst gen-
tly, but increasingly steep towards the margin. Owing to the negative buoyancy of the cold,
heavy layer of air close to the surface, a persistent downward air Wow develops, following the
large-scale topography (Parish and Bromwich (1987)). The strength of these katabatic winds
depends on (a) the strength of the temperature inversion, and (b) the surface slope of the
ice sheet (Ball (1960)). The katabatic wind is best developed in the escarpment, between the
Plateau and the coast, where the ice sheet surface slope is relatively large and the temperature
inversion still markedly present.

In some regions, small-scale topographic features, such as glacial valleys or concave ridges may
locally lead to conWuence of the Wow (Parish and Bromwich (1987)), generating extremely high
wind speeds. Probably the most dramatic example is coastal Adélie Land (East Antarctica),
where an international research team in 1914 (Mawson (1915)) measured a daily mean wind
speed of ∼40 m s−1, and wind gusts up to 100 m s−1, which is still the highest wind speed
ever recorded close to the Earth’s surface (Wendler et al. (1997)).

The katabatic winds Wow down the ice sheet, but due to the Coriolis eUect they are deWected
to the left in Antarctica, and slowed down by friction and thermal wind forcing in coastal
regions (Van den Broeke et al. (2003)). The net eUect of the katabatic wind is that cold and dry
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air is advected from the high interior towards the coast. There, the katabatic winds interact
with the large-scale winds that are forced by the circumpolar trough of low-pressure systems
situated just north of the Antarctic coastline. In some areas, such as Dronning Maud Land
or in the Bellinghausen Sea sector (Figure 1.4), this trough invokes an onshore component of
the large-scale Wow, so that depressions can transport heat and moisture onto the ice sheet.
However, on most occasions and in most regions, the large-scale pressure gradient is also
directed downslope, enhancing the katabatic forcing (Van den Broeke et al. (2002a)).

Katabatic winds are also found on the Greenland ice sheet, but due to several reasons they
are less well developed. Firstly, the Arctic region is warmer and under stronger inWuence
of large-scale midlatitude cyclones. Secondly, Greenland is located at lower latitudes, which
reduces the buildup of the surface temperature inversion in winter, thereby limiting the kata-
batic forcing. Another notable diUerence between Antarctica and Greenland is the mechanism
of katabatic forcing in summer. On the Greenland ice sheet, melt is widespread in summer
and occurs up to higher altitudes. The temperature of the snow surface is then limited to the
melting point, whereas air temperature may increase well above the melting point. This pro-
cess maintains a temperature inversion in summer, inducing a katabatic wind (Duynkerke and
Van den Broeke (1994)). These are sometimes called glacier winds, since this process occurs
over many mountains glaciers in summer.

In summary, katabatic winds are particularly important on sloping surfaces in the ice sheet’s
escarpment, whereas synoptic winds, related to the large scale pressure gradient, occur mostly
in coastal regions. The interplay between the two types of winds is complex, and the highest
wind speeds are found where synoptic and katabatic forcing act in the same direction, locally
enhanced by topography (Turner et al. (2002)). In terms of the frequency of extreme wind
speeds, both wind types exhibit diUerent characteristics, which is important for the occurrence
of drifting snow. The typical probability distribution of katabatic winds is near-Gaussian,
whereas synoptic wind probabilities are more skewed and have a long tail (Sanz Rodrigo et al.
(2012)).

1.4 Drifting snow

The steadiness of the temperature was a subject for debate. The stronger the
wind blew, the less variation did the thermometer show. Over a period of several
days there might be a range of only four or Vve degrees. Ordinarily, this might
be expected of an insular climate, but in our case it depended upon the fact that
the wind remained steady from the interior of the vast frigid continent. The air
which Wowed over the Hut had all passed through the same temperature-cycle.
The atmosphere of the interior, where the plateau stood at an elevation of, say,
eight thousand feet, might have a temperature -45 degrees F. As the air Wowed
northwards over Adelie Land to the sea, it would rise slowly in temperature owing
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to the increased barometric pressure consequent on the descending gradient of the
plateau. At sea-level the temperature of the river of air would be, approximately,
-20 degrees F.

Sir Douglas Mawson, The Home of the Blizzard (1914) 1

Drifting snow occurs in areas with a snow cover in combination with wind speeds that are
suXciently high. It acts on a large variety of spatial and temporal scales; during a short winter
storm, it may redistribute snow on a small mountain glacier, whereas persistent winds over the
Wat Canadian prairies quasi-continuously sublimate and transport snow during several months
of the year (Pomeroy et al. (1993)). During drifting snow events, visibility is strongly reduced,
causing traXc problems, power outages, and airport closures (Gordon and Taylor (2009)). In
addition, drifting snow may enhance instability of the snowpack, increasing avalanche poten-
tial in mountainous regions (Nishimura et al. (2005)). In populated areas where drifting snow
regularly occurs, such as the Canadian prairies (Pomeroy et al. (1993), Pomeroy and Essery
(1999), Déry and Yau (2001)), Alaska (Liston and Sturm (2002)), and Alpine terrain (Gauer
(2001), Groot Zwaaftink et al. (2011), Vionnet et al. (2012)), meteorologists subdivide drifting
snow processes in two categories. They use the term drifting snow when the suspended snow
particles remain below human eye level (i.e. 2 m above the surface), whereas blowing snow
is used when the particles also reach heights above 2 m. In this thesis, in virtual absence of
manmade observations on ice sheets, and because of its limited physical meaning, I don’t make
this distinction. I rather will, throughout the entire thesis, refer to drifting snow as the process
that describes the presence and movement of snow particles in the atmosphere.

Generally, three types of drifting snow are identiVed. Firstly, snow particles can creep over the
snow surface, without being lifted into the atmosphere. Secondly, snow particles may saltate
back and forth between the surface and the lowest few cm’s of the atmosphere. Thirdly, some
particles get suspended in the atmosphere. Creep may occur already in relatively calm con-
ditions (<5 m s−1), whereas saltation and suspension require higher wind speeds (>7 m s−1,
Schmidt (1981), Li and Pomeroy (1997)). In return, creep is assumed to be several orders of
magnitude less important for drifting snow studies; hence, this process will not be considered
in this thesis. During saltation, the travel time in the atmosphere of lifted snow particles is
limited to seconds (Nemoto and Nishimura (2004)). Suspended snow grains, however, may
reside in the atmosphere for several days (Harder et al. (2000), Scarchilli et al. (2010)) and
drifting snow layers may extend vertically hundreds of meters in the atmosphere (Mahesh
et al. (2003), Palm et al. (2011)). Once conditions are favorable (i.e. when the wind Veld and
hence horizontal snow transport is divergent), more surface snow grains get suspended in the
air than are deposited locally. This is a process that negatively contributes to the surface mass
balance, referred to as drifting snow erosion (ERds>0). Where the wind Veld converges, snow
deposition occurs (ERds<0). On ice sheets, drifting snow transport (TRds) may occur along

1For the reader’s reference: -45 degrees F (Fahrenheit) is equivalent to -42 degrees Celsius and -25 degrees F is
equal to -32 degrees Celsius
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hundreds of kilometers, driven by the constant katabatic Wow.

The above citation of Sir Douglas Mawson describes the typical conditions during a strong
drifting snow event. During their stay in Adélie Land (Figure 1.4) in 1914, the adventurous
scientists often experienced strong katabatic winds blowing from the Antarctic Plateau to-
wards the coast. They observed that temperature remained relatively constant during these
drifting snow events, and that the stronger the event was, the less the temperature Wuctu-
ated. This can be explained by strong winds mixing surface layer air and deep upper layer air
masses, which have a relatively constant temperature. The daily cycle of temperature through
incoming solar radiation is strongly reduced due to the small solar angle, and any surface
layer warming quickly mixes with the air above. During nights with drifting snow events, the
formation of a surface temperature inversion is prevented by the strong winds as well.

While entrained in the turbulent Wow, snow particles are subject to sublimation, SUds. Subli-
mation is the phase change from solid (snow) to gas (water vapor); hence, it is a negative term
in the SMB (Equation 1.1). A large amount of energy is required for this process and this en-
ergy is supplied by the air surrounding the snow particle. Both air and the snow particles cool
during sublimation. The relative humidity of the air increases, since at lower temperatures the
saturation water vapor drops and the sublimation process acts as a source of water vapor. This
explains the typical self-limiting behavior of drifting snow sublimation: as SUds increases
the amount of atmospheric water vapor, it increases relative humidity (RH), thereby reduc-
ing the capacity of the atmosphere to increase its moisture content. As saturation is reached
(RH=100%), SUds becomes small. This feedback is shown to be important (Déry et al. (1998),
Bintanja (2001a)), and is necessary to include in model studies on drifting snow. However,
some areas on the Antarctic ice sheet are prone to sustained SUds, as the entrainment of dry
air from above the katabatic layer constantly dries the surface layer (Bintanja (2001b)).

The interaction between wind speed and drifting snow acts in both ways; drifting snow not
only depends on wind speed, but suspended snow particles also extract turbulent momentum
from the near-surface air, enhancing the horizontal drag and reducing the Wow speed (Bin-
tanja (2000a), Bintanja (2001c)). Drifting snow generally starts at wind speeds higher than 7
m s−1. However, this threshold velocity strongly depends on the characteristics of the surface
snow (Li and Pomeroy (1997), Gallée et al. (2001), Bintanja et al. (2001)). Therefore, important
feedbacks also exist between drifting snow and the underlying snow surface. When bonds be-
tween snow particles are stronger, drifting snow will start at higher wind velocities. Densely
packed snow particles are an example, but also surface melting increases snow density, consol-
idating the surface and preventing drifting snow. Through collision, sublimation and saltation,
drifting snow particles themselves are subject to enhanced metamorphosis, as they get smaller
and more rounded (Nishimura and Nemoto (2005)). When redeposited on the surface, the
surface snow density is high, reducing further drifting snow potential.

Studying the interesting non-linear nature of drifting snow phenomena and their potentially
signiVcant role in the ice sheet surface mass balance has already been appealing to scientists for
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several decades. In the International Geophysical Year (1957) and the years after, eUorts were
undertaken to study drifting snow on Antarctica (Budd et al. (1966), Loewe (1970)). These valu-
able measurements revealed the remarkable spatial variability of drifting snow occurrence on
the Antarctic continent; drifting snow frequencies ranged from ∼20% on the Plateau to more
than 80% in coastal regions with high wind speeds. Moreover, the measurements demonstrated
that drifting snow particles may be very small in size (D<100 µm), after being subject to strong
breaking, rounding and sublimation.

The huge eUort involved underlined the need for automated measurements. Until recently,
devices to measure snow transport were inaccurate (Cierco et al. (2007)). In last years, however,
important improvements have been made in techniques to measure drifting snow, by present
weather sensors (Bellot et al. (2011)), photoelectric sensors (Leonard et al. (2012)), and snow
particle counters (e.g.Vionnet et al. (2012))). Some sensors are capable of measuring the size
spectrum of drifting snow particles, an important parameter for model evaluation (Xiao et al.
(2000)). Lasers on satellites can estimate the spatial structures and depth of drifting snow
layers under cloud-free conditions and suXciently strong snow transport (Palm et al. (2011)).

The Vrst modeling activities attempted to estimate the local and ice-sheet wide eUect of drift-
ing snow, mainly on Antarctica. These studies suggested that drifting snow has a non-
negligible impact on local and ice sheet integrated surface mass balance (Schmidt (1982), Bin-
tanja (1998a), Déry and Yau (2002), Mann et al. (2000), Bintanja (2001b), Gallée et al. (2001),
Nishimura and Nemoto (2005)). However, many of these studies were based on very simple,
empirical relations of drifting snow and wind speed, and lacked the inclusion of the important
feedbacks explained above. In comparison, studies addressing the Greenland ice sheet drifting
snow climate have been relatively sparse, and direct observations do not exist. Due to the
higher temperatures in Greenland, inducing more melt and lower katabatic wind speeds (Ta-
ble 1.1), drifting snow is expected to play a relatively minor role in the SMB (Box et al. (2006)),
although it may be important in dry and windy regions.

1.4.1 This thesis

In this thesis, we use a regional atmospheric climate model, RACMO2, coupled to a drifting
snow routine to assess the interactions between drifting snow and the atmosphere on one hand,
and drifting snow and the snow surface on the other. We aim to describe the drifting snow
climate of the Antarctic and Greenland ice sheets, and estimate the contribution of drifting
snow to the ice sheet surface mass balance. The largest part of this thesis (Chapter 3-7) focuses
on the Antarctic ice sheet, since more direct and indirect observations are available for model
evaluation. However, the last chapter (Chapter 8) addresses drifting snow on the Greenland
ice sheet.

In Chapter 2, we brieWy discuss the modeling setup and the coupling method. Then, in Chap-
ters 3-8, I present a variety of results obtained by this model. Chapter 3 describes the Vrst
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attempt to simulate the drifting snow climate at Neumayer Station, East Antarctica. This sta-
tion has a robust and long-term observation record, and drifting snow occurrence has been
measured since 1992, which allows for comparison with our independent model results. In
this study, we use the one-dimensional version of RACMO2, forcing the model with observed
vertical proVles of temperature, humidity and wind speed, to ensure that realistic atmospheric
conditions are prescribed. We evaluate the modeled drifting snow frequency, and assess the
importance of SUds on the surface mass balance at this coastal location.

In Chapter 4, RACMO2 is used to simulate the drifting snow climate of the entire Antarctic
ice sheet. Therefore, we use the 3-D version of RACMO2 at a horizontal resolution of 27 km
for a period of 21 years (1989-2009), driven at its lateral boundaries by ERA-Interim atmo-
spheric Velds. First, an expression is derived for the threshold friction velocity for drifting
snow to occur, to relate the snow surface conditions to the local atmospheric climate, such that
simulated drifting snow frequencies match observed frequencies at a wide variety of stations
on the ice sheet. This step allows for the important interaction between snow surface and
drifting snow, a feature that was not included in the model in Chapter 3. Furthermore, we
provide an in-depth evaluation of RACMO2 in terms of its near-surface climate, and compare
simulated near-surface wind speeds, temperature, relative humidity, drifting snow transport
and frequency with available in situ and remotely sensed observations. The good agreement
between RACMO2 and observations supports the presentation of the drifting snow climate,
which is described in Chapter 5. We show the spatial and temporal variability of drifting snow
sublimation, transport, erosion and frequency, and discuss its importance for the continent-
wide surface mass balance. We also show that erosion by drifting snow partly explains the
occurrence of Antarctic ablation areas, where the mean SMB is negative.

The knowledge of all the SMB components (Equation 1.1) allows us for the Vrst time to present
the high-resolution surface mass balance map of the Antarctic ice sheet for a period of 32 years
(1979-2010) in Chapter 6. We compare modeled SMB with∼750 observations, present its inter-
annual, seasonal and spatial variability and discuss possible trends. Chapter 7 zooms in on an
East Antarctic region (Victoria Land and Adélie Land, Figure 1.4), where katabatic winds are
known to be very strong. We are interested in the eUect of increasing the model resolution
from 27 km to 5.5 km on the simulated climate, drifting snow and SMB in this region.

Chapter 8 discusses the modeled drifting snow climate of the Greenland ice sheet. For Green-
land, RACMO2 is run at a resolution of 11 km, and also driven by ERA-Interim for a period
of 52 years (1960-2011). This long time series allows a robust analysis of the temporal and
spatial variability. Of particular interest are the eUects of the seasonal melt and recent atmo-
spheric warming on the drifting snow climate of the Greenland ice sheet. We summarize this
thesis in Chapter 9, and Vnish this chapter with a brief presentation of ongoing eUorts and
recommendations for future work.

Chapter 3 to 8 have appeared in peer-reviewed literature.
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Methods

2.1 Drifting snow scheme

2.1.1 Physical principles

To calculate TRds, simple relations have been proposed between friction velocity (u∗) and
snowdrift Wux (e.g. Mann et al. (2000)). The parameterizations for SUds are computationally
much more expensive, mainly because of the multiple snow particle size classes involved (Xiao
et al. (2000)). As an alternative, Déry and Yau (1999) proposed a bulk (i.e. non-spectral)
parameterization for both components of the snowdrift process; based on single-level input
of temperature, speciVc humidity, pressure and wind speed, this parameterization calculates
a vertical proVle of the thermodynamic variables as well as a new ’bulk’ variable (qb), which
determines the ratio of mass of suspended snow particles to that of air [kgkg−1]:

qb =
4πρice

3ρ

∫
∞

0
r3F(r)dr (2.1)

in which ρice and ρ are the density of ice and air [kgm−3], respectively, r is the snow particle
radius [m] and F(r) is the particle number density [m−4].

Introducing the relation for time dependency of F(r) (see Déry and Yau (1999), equation 1),
taking the time derivative of equation 2.1 and discretizing, we obtain:

δqb

δ t
=

δ

δ z
(Kb

δqb

δ z
+ vbqb)+Sb (2.2)

Equation (2.2) shows that the processes that contribute to changes in qb are: (1) vertical diUu-
sion of drifting snow particles, characterized by an eddy diUusivity Kb, (2) vertical advection
(sedimentation) of snow particles with a terminal fall velocity vb and (3) spectral shift (de-
creasing particle radii) due to sublimation Sb.

An accurate estimate of Kb requires the solution of the particle number density, N, which is
the integral over all radii of F(r). F(r) can be assumed to follow a two-parameter gamma
distribution:

15
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F(r) =
Nrα−1exp−

r
β

β α γ(α)
(2.3)

which is supported through measurements by Budd et al. (1966) and Schmidt (1982). α and β

[m] are scale and shape parameters of the distribution, respectively, and N is the total number
concentration [m−3]. Moreover, a solution of F(r) is found by solving the diUusion equation
(assuming steady-state and zero sublimation):

K(r)
δ (F(r)

δ z
=−v(r)F(r) (2.4)

Solving for F(r) in the vertical from the top of the saltation layer (see below) to the upper
boundary, yields, assuming K = u∗l and l ≈ κ(z+ z0):

F(r,z) = F(r,zs)
z+ z0

zs + z0

v(r)
κu∗

dr (2.5)

where zs is the height of the saltation layer, z0 the roughness length, κ the von Karman
constant, and u∗ the friction velocity. Integrating F(r,z) with respect to height gives N, from
which Kb can be obtained. A solution of the terminal fall velocity vb is found by assuming
that the diUusion and vertical advection are equal in a steady-state, and can be described by a
gamma distribution expressed in terms of the particle radius (Kong and Yau (1997)).

2.1.2 Saltation

Above relations are used for the suspension layer. As outlined in Chapter 1, we also include
saltation processes. We assume that a saltation layer of 0.1 m develops instantaneously when
drifting snow starts, and the steady-state saltation mixing ratio qbsalt is deVned by a simple,
empirically-based formula (Pomeroy et al. (1993)):

qbsalt =
0.385(1− Ut

U10m
)2.59

u∗
(2.6)

in which Ut and U10m are the threshold and the actual 10 m wind speeds, and u∗ is the friction
velocity, all in [m s−1 ]. The suspension mixing ratio is set to qbsalt at the lower boundary of
the suspension layer.

2.1.3 Sublimation and transport

The sublimation rate Sb [kgkg−1 s−1] is calculated by integrating the local change of mass in
time over all snow particle radii:
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Sb =
1
ρ

∫
∞

0
F(r)

dm
dt

dr (2.7)

where the change of mass due to sublimation is calculated according to Thorpe and Mason
(1966):

dm
dt

=
2πNu( qv

qis
−1)

Fk +Fd
(2.8)

where qis represents the saturation speciVc humidity with respect to ice [kgkg−1], Nu rep-
resents the dimensionless Nusselt number, describing the ratio of convective and conductive
heat transfer through the particle surface, and Fk and Fd denote the conductivity and diUusiv-
ity terms associated with sublimation [mskg−1].
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Figure 8. Profiles of potential temperature predicted by the models at 1 and 60 min.

Figure 9. Temporal evolution of the vertically integrated sublimation rate in the suspension layer of
a column of blowing snow.Figure 2.1: Simulated drifting snow sublimation rate in an idealized experiment from four diUerent

drifting snow models (taken from Xiao et al. (2000)). Three of them are of spectral nature (Xiao et al.
(2000)) and the fourth (PIEKTUK-B) is the bulk routine that we use in this thesis.

The column-integrated rates of sublimation [ms−1] and transport [kgm−1 s−1] are then de-
Vned as:

Qs =
∫ zub

zlb

Sbdz (2.9)

Qt = ρ

∫ zub

zlb

Uqbdz (2.10)

where U is the horizontal wind speed [ms−1], and zlb and zuub denote the height of the lower
and upper boundary of the snowdrift layer [m]. Of particular importance are the assumptions
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made at these boundaries. At zlb, which is deVned to be at the snow surface, the air is as-
sumed to be saturated with respect to ice. The speciVc humidity proVle decreases with height
above the surface according to a logarithmic function, while the temperature is assumed to be
constant with height. This implies a strongly decreasing relative humidity (RH) with height.
In the snowdrift layer, zero Wuxes of heat, moisture or snow particles are imposed at the upper
boundary. A more detailed description of the snowdrift routine can be found in Déry and Yau
(1999).144 J. Yang, M. K. Yau

(a)

(e)

(d)

(b)

(c)

Fig. 4 Observed and simulated particle size distributions at five heights 10 min after initialization for the
Byrd station runs

Sensitivity tests with various humidity profiles have been performed, and though some sen-
sitivity was found major conclusions were not affected.

Comparisons with observations were made when the models reached their steady state
10 min after the initiation of blowing snow. Figure 4 depicts the observed histogram and the
simulated size distributions at heights of 0.125, 0.25, 0.5, 1 and 2 m. As indicated, there is
good agreement between the triple-moment model size distributions and the observed dis-
tributions except for a slight shift at the height of 0.125 m. In contrast, the size distributions
predicted by the double-moment model generally shift to the right of those observed at all lev-
els. This spectral shift is consistent with the profile of mean particle radius in Fig. 5a, with the
triple-moment model showing better agreement with the measurements. The triple-moment
results also revealed a better performance in predicting the shape parameter (Fig. 5b) and the
blowing snow mixing ratio (Fig. 5c), whereas the double-moment simulation underpredicted
these quantities throughout the column. The agreement between the simulated and observed
scale parameter is reasonable for both models (Fig. 5d).

Transport and sublimation are two important quantities determining the surface snow
mass redistribution; the integrated expression for the rate of transport Qt (kg m!1 s!1) and
sublimation Qs (mm day!1) are given by

Qt = !

! zub

zlb

qbUdz (18)

and

Qs = !!"
! zub

zlb

Sbdz, (19)
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Figure 2.2: Observed and simulated frequency distributions of snow particles (taken from Yang and
Yau (2008)) at diUerent heights (0.125 m, 0.25 m, 0.5 m, 1 m and 2 m in panel a-e, respectively) at Byrd
station (80◦01’S, 119◦32’W) on Antarctica. The bulk model used here is shown with the dashed-dotted
line, the dotted line represents an updated version of the bulk model (Yang and Yau (2008)). Observed
data (solid lines) originate from Budd et al. (1966).

Despite its relative simplicity, various comparison studies show that this bulk parameteriza-
tion yields results that are very similar to computationally more expensive spectral snowdrift
models (Déry and Yau (1999), Xiao et al. (2000)). Figure 2.1 shows the sublimation rate (SUds)
in an idealized experiment (Xiao et al. (2000)) of four diUerent drifting snow models, and il-
lustrates that SUds from the bulk model PIEKTUK-B is well within the range of the spectral
models. Compared with observations, the bulk model provides realistic snow particle number
concentrations at Byrd station, East Antarctica (Figure 2.2, Yang and Yau (2008)).
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Table 2.1: Overview of RACMO2 simulation performed in this thesis

Chapter Domain Horizontal Resolution Forcing Period

3 Neumayer - Observations 1993-2007
4 and 5 Antarctica 27 km ERA-Interim 1989-2009

6 Antarctica 27 km ERA-Interim 1979-2010
7 Adélie Land 5.5 km ERA-Interim and RACMO2 2009
8 Greenland 11 km ERA-40 and ERA-Interim 1960-2011

2.2 Regional atmospheric climate model

In this thesis, we used the Regional Atmospheric Climate Model version 2.1 to simulate present-
day Antarctic and Greenland climate conditions (RACMO2 hereafter). The atmospheric dy-
namics in RACMO2 are from the High Resolution Limited Area Model (HIRLAM, version
5.0.6., Undén et al. (2002)), while the description of the physical processes is adopted from the
European Centre for Medium-Range Weather Forecasts (ECMWF, cycle 23r4, White (2001)).

In Chapter 3, we use the single-column version of RACMO2, and force it with vertical proVles
of temperature, humidity and wind speed, as well as pressure at the surface, measured at
Neumayer base (Table 2.1). In Chapter 4-8, RACMO2 is run in 3D-mode, and is forced at its
lateral boundaries by the ECMWF four-dimensional variational (4D-Var) reanalysis dataset.
The forcing is prescribed every 6 hours, whereas the model interior is allowed to evolve freely.
For the Antarctic simulations, we use ERA-Interim (1989-2009 in Chapter 4 and 5, 1979-2010 in
Chapter 6 and 2009 in Chapter 7). For Greenland (Chapter 8), we use ERA-40 (1960-1988) and
ERA-Interim (1989-2010) (Table 2.1). The horizontal resolution varies from 5.5 km in Chapter
7, to 11 km in Chapter 8 and 27 km in Chapter 4, 5 and 6. As no coupling to an ocean model
is present, sea-ice extent, thickness and sea surface temperature are prescribed. RACMO2 has
40 vertical hybrid-levels that are terrain-following close to the surface and become pressure
levels at higher altitudes. The lowest model level is at approximately 7-8 m above the surface.

Adjustments to the original formulation of the dynamical and physical processes in RACMO2
are described in Van Meijgaard et al. (2008). Apart from that, several changes were imple-
mented to better simulate climate over ice sheets: the roughness length formulation was
changed (Reijmer et al. (2005)) and the ratio between liquid and solid precipitation at low
temperatures decreased (Van de Berg et al. (2006)). For our goal, which is to realistically sim-
ulate drifting snow, an accurate representation of the snow surface and sub-surface processes
is necessary (Gallée et al. (2001)). The updated snow model in RACMO2 considers important
physical processes in the snowpack, such as melt water percolation, retention and refreezing,
and correctly treats the interaction between the snow/Vrn/ice surface and the atmosphere (Et-
tema et al. (2010a)). For instance, using RACMO2 with the updated snow model at ∼11 km
resolution over the Greenland ice sheet, Ettema et al. (2009) found that 45% of the meltwater in
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Greenland does not run oU, but refreezes in the snowpack. Another recent model improvement
concerns snow albedo, which is vital to calculate the energy budget at the surface, and for a
large part determines the availability of melt energy (Van den Broeke et al. (2010)). Melting
strongly impacts the surface snow layers: it increases the snow grain size, the water content
of the snow and thereby its density (Kuipers Munneke et al. (2011)). As a result, melting
strongly reduces the potential for drifting snow (see Chapter 5). These considerations urged
the development of a new albedo scheme, which is described in detail in Kuipers Munneke
et al. (2011).

2.3 Coupling

To achieve the atmospheric coupling, the drifting snow routine is included in the turbulent
diUusion scheme of RACMO2, which accounts for momentum, heat and moisture exchange at
the surface. Temperature (T), speciVc humidity (qv), wind speed (U) and pressure (p) at the
lowest model level are Vrst fed into the drifting snow routine to calculate SUds and TRds. Spe-
ciVc humidity is converted to relative humidity with respect to ice (RHi) using the expression
proposed by Hyland and Wexler (1984). If drifting snow occurs in the model, SUds is calcu-
lated and expressed in units of an energy Wux (Wm−2). During drifting snow, this is assumed
to be the only source of latent heat exchange at the surface, extracting heat from the surface
and adding moisture to the surface layer (SL). This is realistic, because the near-surface air
readily becomes saturated due to the drifting snow sublimation process itself, prohibiting sur-
face sublimation (SUs=0, Bintanja (2001b)). The moisture released by SUds then automatically
mixes into the atmospheric boundary layer (ABL) through the turbulent diUusion scheme of
RACMO2. The formulation of the sensible heat Wux remains unaltered.

The chain of events is as follows: during drifting snow, SUs=0, but SUds 6=0, i.e. latent heat is
extracted from the surface. This lowers the surface temperature, which enhances the down-
ward sensible heat Wux, which in turn extracts heat from the lower atmosphere, cooling the
near-surface air. These two eUects, moistening and cooling of the surface layer which sub-
sequently propagate into the full atmospheric boundary layer, through the model turbulent
mixing scheme, are the main impacts of drifting snow on the atmosphere.

In RACMO2, the vertical diUusion of heat and moisture in the surface layer (SL, between sur-
face and the Vrst model layer at ∼7-8 m above the surface) is calculated in a similar fashion to
vertical diUusion in the atmospheric boundary layer (ABL) above the SL. The main diUerence
is in the lower boundary condition, which in the SL is represented by the surface, i.e. the no-
slip condition for momentum, the surface energy balance for heat and saturation with respect
to ice for moisture. In (rare) very strong drifting snow events , drifting snow sublimation can
occur up to tens or hundreds of meters above the surface (Mahesh et al. (2003)), i.e. well above
the RACMO2 SL. For these strong events, prescribing the thermodynamic eUects of drifting
snow to occur in the SL means that the response in the ABL is delayed, with a timescale gov-
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erned by the intensity of the vertical diUusion. However, under such strong wind conditions,
this vertical mixing is vigorous, eUectively limiting the delay. Quantifying this delay would
require 1) accurate drifting snow concentration to be available at all lower model layers and 2)
including a prognostic equation for the conservation of drifting snow particles in the RACMO2
ABL scheme. Such an eUort is currently not warranted, because of the lack of evaluation data
(no detailed measurements of vertical drifting snow proVles up to these heights exist to date)

In addition, the model does not explicitly consider the eUect of drifting snow particles on the
absorption of solar radiation in the air, but as drifting snow is most active in winter, this eUect
is believed to be of minor importance.

The coupling between drifting snow and RACMO2 requires knowledge on spatial variability
of surface characteristics and drifting snow. Since we lack this knowledge in Chapter 3, the
coupling is absent in the single-column model study. However, it is included in the model
setup from Chapter 4 onwards. In Chapter 4, a detailed description of this coupling method is
given.





3
Modeling drifting snow

sublimation on an Antarctic ice
shelf

In this chapter, we estimate the contribution of drifting snow sublimation (SUds) to the surface
mass balance at Neumayer, located on the Ekström ice shelf in Eastern Antarctica. A single
column version of the RACMO2 model is used as a physical interpolation tool of high-quality
radiosonde and surface measurements for a 15-yr period (1993–2007), and combined with
a routine to calculate drifting snow sublimation and horizontal snow transport. The site is
characterized by a relatively mild, wet and windy climate, so drifting snow is a common phe-
nomenon. The modeled timing and frequency of drifting snow events compares well with
observations. This is further illustrated by an additional simulation for Kohnen base, where
the timing of drifting snow is realistic, although the modeled horizontal transport is overes-
timated. Drifting snow sublimation is mainly dependent on wind speed, but also on relative
humidity and temperature. During high wind speeds, SUds saturates and cools the air, lim-
iting its own strength. We estimate that SUds removes around 16%±8% of the accumulated
snow from the surface. The total sublimation more than triples when drifting snow is con-
sidered, although drifting snow sublimation limits sublimation at the surface. SUds shows a
strong seasonal cycle, as well as large inter-annual variability. This variability can be related
to the variability of the atmospheric conditions in the surface layer.

This chapter is published as: Lenaerts, J. T. M., M. R. van den Broeke, S. J. Déry, G. König-Langlo, J. Ettema, and
P. Kuipers Munneke (2010), Modelling snowdrift sublimation on an Antarctic ice shelf, The Cryosphere, 4(2), 179–190,
doi: 10.5194/tc-4-179-2010
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3.1 Introduction

The surface mass balance (SMB), together with the Wow of ice, determines the net mass change
of the Antarctic ice sheet and the corresponding sea-level change (Vaughan et al. (1999), Rignot
et al. (2008)). The speciVc SMB of a snow/ice surface ([mmyr−1], Van de Berg et al. (2006))
can be written as the annual sum of precipitation (PR), sublimation at the surface (SUs), runoU
(RU) and erosion (∇·TRds) and sublimation (SUds) of drifting snow:

SMB =
∫

year
(PR−SUs−RU−∇ ·TRds−SUds)dt (3.1)

Figure 3.1 shows that the modeled SMB varies strongly on the Antarctic continent. The high
inland plateau is dry (SMB below 70mmyr−1), whereas in the coastal regions the SMB is
much larger, especially in the Antarctic Peninsula (Turner et al. (2002)).

A considerable eUort has been made to determine the accumulation (precipitation minus sub-
limation, PR−SUs) in Antarctica (e.g. Giovinetto et al. (1992), Van de Berg et al. (2006)).
The contribution of SUds to the SMB, however, is largely unknown because direct measure-
ments are unavailable (Pomeroy and Essery (1999)). Although assumed important on a lo-
cal scale, earlier studies considered drifting snow sublimation to be a negligible term in the
continent-wide surface mass budget (e.g. Turner et al. (1999)). DiUerent modeling studies,
however, demonstrated that sublimation due to drifting snow equals surface sublimation (King
et al. (1996), Mann et al. (2000)) or even exceeds surface sublimation at coastal and katabatic
wind-controlled Antarctic sites (Bintanja (2001a), Bintanja and Reijmer (2001), Frezzotti et al.
(2004)). On a continental scale, estimates indicate a removal of 10–50% of snowfall in the North
American (seasonal) snow-covered regions (Pomeroy and Essery (1999)), 5% in Greenland (Box
et al. (2006)) and around 15–20% in Antarctica (Bintanja (1998b)), although the latter may be
overestimated.

The drifting snow layer can extend several hundreds of meters above the surface (Budd et al.
(1966)) and aUects vertical proVles of wind, temperature and humidity in the atmospheric
boundary layer (Déry et al. (1998), Bintanja (2000b)). Most regional climate models lack hor-
izontal and vertical resolution to fully capture this process. This negatively aUects the repre-
sentation of the SMB by these models. Schlosser (1999) concluded that the limited agreement
between her atmospheric model and observations on the accumulation rates at Neumayer (Fig-
ure 3.1) could be related to the absence of representation of the drifting snow physics in the
model. Moreover, most models neglect the negative feedback between SUds and the thermody-
namic conditions of the atmosphere and the resulting self-limiting behavior of SUds (Bintanja
(2001b), Déry and Yau (2002), Mann et al. (2000)). This may result in a signiVcant error in the
SUds estimates (Déry et al. (1998)). The purpose of this chapter is to estimate as realistically
as possible the contribution of SUds to the SMB at Neumayer station, which is situated on
the Ekström ice shelf in coastal East Antarctica (Figure 3.1). Neumayer has a relatively mild
and windy climate with frequent snowfalls, and drifting snow is a common occurrence at this
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location. Assuming runoU due to melt and drifting snow erosion to be negligible, we can also
provide an estimate of precipitation at Neumayer.

We use the updated single column version (SCM) of the coupled land-atmosphere ECMWF
model. To simulate drifting snow sublimation at Neumayer, it contains the same physical
parameterizations as RACMO2, which has proven to realistically simulate Antarctic climate
conditions (Van de Berg et al. (2005)). The model is driven by high-quality observations, ensur-
ing that the interactions between SUds and atmosphere and surface roughness are considered.
The seasonal as well as the inter-annual variability of SUds are discussed. Another simulation
is performed for a station on the Antarctic plateau (Kohnen base, Figure 3.1) to highlight the
importance of the meteorological conditions on the drifting snow sublimation process at these
diUerent locations.

3.2 Methods

3.2.1 Drifting snow model

In order to calculate the horizontal transport of snow (TRds) in models and from observations,
several authors have developed a simple relation between friction velocity u∗ and drifting
snow Wux, using a threshold wind speed for drifting snow (e.g. Mann et al. (2000), Déry and
Yau (2002)). Drifting snow sublimation, however, is usually not considered in atmospheric
models. The physics of this process is complex because of the many interactions and feed-
backs: drifting snow exerts friction on the Wow and cools and moistens the surface layer, in
turn limiting drifting snow and surface sublimation. Existing models that include SUds are
based on similar physical concepts (Xiao et al. (2000)). Due to the high vertical resolution
and many snow grain size classes (≥50) required to resolve the size particle spectrum, these
models are computationally very expensive. Therefore, Déry and Yau (1999) developed a sim-
pliVed bulk version of one of these models. In this routine, a new variable, the mixing ratio
of blowing snow qb (kg kg−1) is introduced, which is related to the spectral number density.
Moreover, a prognostic equation for blowing snow particle numbers is deVned in the model
(Déry and Yau (2001)). In addition to qb, temperature and humidity are also calculated prog-
nostically on a vertical grid (24 levels), to ensure conservation of heat and moisture in the
drifting snow layer. The competing processes of turbulent diUusion, settling and sublima-
tion inWuence the drifting snow variables, whereas only turbulent diUusion and sublimation
aUect the thermodynamic variables. Based on the simulated proVles of drifting snow, the
model provides estimates of the column-integrated rates of horizontal drifting snow transport
ERds (kgm−1 s−1) and sublimation SUds (mmd−1 water equivalent or w.e.). Although the
bulk method is simpliVed compared to the spectral method, tests indicated that the bulk model
matches very well with its spectral variant, simulating similar thermodynamic tendencies and
sublimation rates (Déry and Yau (1999), Xiao et al. (2000)). In the SCM, the bulk drifting snow
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Figure 3.1: The SMB distribution (from RACMO2 for the period 1958–2002, Van de Berg et al. (2005)) on
the whole Antarctic continent (left) and zoomed in on the region between 20◦ E and 20◦W, as indicated
with the circle in the left plot. Note the diUerent scale on both plots. The locations of Neumayer and
Kohnen stations are indicated on the right plot. The distance between both stations is about 550 km. The
topography is shown in both plots by the dashed height contours (500m resolution).

(b)!

(a)!

Figure 3.2: (a) Schematic illustration of the drifting snow sublimation process in RACMO2/SCM. The
left side represents the situation when drifting snow is activated, the right side when drifting snow is
not active. The horizontal dashed line marks the boundary between the surface layer and the boundary
layer in the model, which is the lowest model level (7 m). (b) Flow chart of the methods and tools used in
this chapter.
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Table 3.1: Overview of geographical and land surface parameters at Neumayer in RACMO2/SCM.

Parameter Value Unit

Altitude 42 m a.s.l.
Latitude 70.65 ◦ S
Longitude 8.25 ◦W
Albedo 0.85 –
Roughness length 0.00025 m
Surface snow density 400 kg m−3

Initial snow temperature 268.15 K

model is driven by near-surface temperature, relative humidity with respect to ice (RHi), wind
speed and surface pressure at each time step.

The drifting snow routine in the model is limited in the vertical dimension from 0.1m to
100m height. The drifting snow routine is activated when the friction velocity u∗ exceeds
a threshold value u∗,t , here set to 0.3m s−1, and if the temperature is below freezing. u∗,t
depends on snow surface characteristics. Drifting snow is suppressed when the surface snow
is more consolidated. In this respect, the density of snow can be a suitable parameter to
deVne the onset of drifting snow (Gallée et al. (2001)). Moreover, drifting snow increases the
friction velocity, reducing near-surface wind speed (Bintanja and Reijmer (2001)). Because we
force the model with observed wind speed, this eUect is implicitly considered in this study.
Moreover, fresh snow is accumulated frequently at Neumayer, implying that the consolidation
of snow is limited and the surface snow density is rather constant with time. We, therefore,
kept u∗,t constant.

3.2.2 Atmospheric and snow model

For this study, the single column version of the updated coupled land-atmosphere ECMWF
model (cycle C23R4, White (2001)) is used and referred to as RACMO2/SCM. Physical param-
eterizations are adapted to realistically simulate the Antarctic climate conditions, similar to
the RACMO2 model (Van de Berg et al. (2005)). Moreover, the model has been expanded with
a snow model, calculating density, temperature and liquid water in the snow (Ettema et al.
(2009)). A single grid cell (’column’) is deVned, in which only vertical exchange can occur
between 60 vertical levels. Fourteen of these are situated in the lowest 2 km of the atmosphere,
to obtain a realistic representation of the boundary layer. The lowest model level is located
around 7m above the surface. A time step of 15min is used, which is suXcient to resolve the
interactions between the surface conditions and SUds.

For the purpose of this study, it is vital that the model represents the atmospheric conditions re-
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Figure 3.3: Time-height sections of temperature (T ), speciVc humidity (q) and wind speed components
(U and V ) from available radiosonde data and mast measurements at Neumayer, year 1997. The height
coordinates are shown according to the vertical resolution in the model, i.e. higher resolution towards the
surface. The lowest plot shows the time evolution of RHi at the lowest model level (7m) and the friction
velocity u∗, together with u∗,t (horizontal line).

alistically, especially near the surface. Therefore, we created a continuous dataset of boundary
conditions from available radiosondes and mast measurements of a period of 15 consecutive
years (1993–2007). In essence, this means that the SCM is used as a physical interpolator of
the forcing data. These data are used directly by the SCM to calculate the prognostic variables
at each model time step.

At Neumayer, radiosondes are released every 24 h, sometimes every 12 h. The vertical distance
between two adjacent measurement points varies between 25 to 100m throughout the proVle,
with a median value of around 40m in the lower troposphere. Measured variables are temper-
ature, relative humidity (converted to dew-point temperature), wind speed and direction and
pressure. Relative humidity is measured with respect to water, which we have converted to
relative humidity with respect to ice (RHi) according toHyland andWexler (1984) and rescaled
using a technique described by Anderson (1994). We linearly interpolated the radiosonde data
to a regular time grid of 12 h, which is used to force the SCM. Next, linear interpolation is
also used to convert the observations to model levels. Because of occasional erroneous and
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Figure 3.4: Average vertical proVles in the lower atmosphere of potential temperature (θ ), speciVc (q)
and relative humidity (RH) and wind speed components (U and V ) of summer (January–March and
October–December), winter (April–October) and year 1997, simulated by RACMO2/SCM.

Figure 3.5: Monthly mean energy balance components and their inter-annual variability (1993–2007)
from the surface energy balance model, driven by observation, which is described by Van den Broeke
et al. (2006b). The error bars indicate two standard deviations from the mean. Shown are the balance of
shortwave and longwave Wuxes (Rnet ), latent heat Wux (LHF), sensible heat Wux (SHF), ground heat Wux
(G) and melt (M).
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incomplete radiosonde data near the surface, we replaced the near-surface radiosonde data by
mast measurements of 2m temperature, 2m RHi and 10m wind speed. This implies that the
lowest two model levels (around 7 and 18m) partly obtain values which are linearly interpo-
lated between the mast measurement and the Vrst atmospheric measurement of the radiosonde
(±40m). Wind speed at the lowest level is equal to the 10m wind times 0.76, so that the result-
ing annual mean 10m wind speed in the model equals the mean observed 10m wind speed.
As a Vnal step, the RHi values are converted to speciVc humidity. This is done in the Vnal
stage, because the calculation of drifting snow sublimation is directly dependent on the RH
input; interpolating speciVc instead of relative humidity would decrease the accuracy of the
RH input values.

Apart from the vertical proVles, land surface parameters are adapted in order to simulate sur-
face characteristics at Neumayer (Table 3.1). The albedo is assumed to be constant in time
(0.85) to ensure a realistic shortwave energy balance. The roughness length for momentum
is set to 0.25mm (typical for ice shelf surfaces during strong drifting snow, see König, 1985),
while the roughness length for heat is calculated using the scalar roughness length formula-
tion given by Andreas (1987). Including a dependency of roughness length to friction velocity
(following Bintanja and Reijmer (2001)) did not signiVcantly change the results. For a 1-year
simulation (1997) the average z0 value increased from 0.25 mm to 0.34 mm and the drift-
ing snow sublimation decreased by 2 mm, which is only 1.5% of the original value. Surface
pressure is available from mast measurements.

The measurement site (Kohnen, 75◦ S–0◦W) is located on the Antarctic Plateau at a height
of 2893m above sea level (Figure 3.1). The location is characterized by low temperatures and
little precipitation. For Kohnen, the data is collected in an identical manner and the above
adaptations of the land-surface parameters are used.

3.2.3 Implementation

In practice, snow particles suspended in the Wow will exhibit mass loss due to sublimation,
thereby adding moisture to and extracting heat from the surrounding air. As outlined in
Chapter 2, the drifting snow routine is implemented in the turbulent diUusion scheme of
RACMO2/SCM (Figure 3.2), which solves the energy balance between the surface and the
lowest model level (around 7m height). In reality, of course, the exchange of energy occurs
above the drifting snow layer. Déry and Yau (1999) show that SUds strength decays expo-
nentially with height, so the largest amounts of SUds occur in the lowest meters above the
surface. In case of a modelled friction velocity exceeding a certain threshold value (see above),
the drifting snow scheme is activated (left panel).

Firstly, the necessary prognostic variables from RACMO2/SCM (RH, T, U) at the lowest model
level are supplied to the drifting snow routine. Secondly, the resulting integrated sublimation
rate is converted to the latent heat Wux, which is then prescribed in the turbulent diUusion
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scheme. The sensible heat Wux formulation remains unchanged. Finally, the turbulent diUu-
sion scheme converges towards a solution for the surface temperature given this forcing. In
reality, sublimation cools the surface of the snow particles, setting up a temperature gradient
between the snow particles and the air. This in turn sets up a sensible heat Wux from the air
to the snow particles, cooling the air and keeping the snow particles in approximate thermal
equilibrium with their surroundings. In the model, this cooling eUect of drifting snow subli-
mation is simulated as follows: the heat needed for drifting snow sublimation is prescribed
to be extracted from the model snow surface. As a result, the skin temperature in the model
decreases, the temperature gradient between the air and the surface increases, enhancing the
downward sensible heat Wux, heating the surface and cooling the near- surface air. Surface
temperature and humidity will thus adapt to the release of latent energy related to SUds. The
additional moisture will also be brought into the boundary layer by turbulent mixing. This
feedback is implicitly included in this experiment, because atmospheric conditions are pre-
scribed to the model. These observations and, thus, the model, implicitly incorporate these
cooling and saturating eUects. The model should be regarded as a physical interpolation tool
in time and height and to calculate surface energy exchange that is consistent with the condi-
tions in the atmospheric boundary layer and in the snowpack.

We performed a simulation with (referred to as DRIFT) and without (hereafter NODRIFT)
using the drifting snow routine.

3.3 Meteorological conditions at Neumayer

Neumayer is situated near the East Antarctic coast on the Ekström Ice Shelf. This site is situ-
ated close to the circumpolar trough of low pressure, the climatological expression of synoptic
disturbances moving eastward around Antarctica. Neumayer is situated south of this trough
and experiences low surface pressure values and relatively strong easterly winds. Figure 3.3
shows the proVles of temperature, speciVc humidity and wind speed which are used as in-
put for RACMO2/SCM at Neumayer. We focus on one particular year (1997), as its anomaly
of the near-surface observations with the respect to the mean is small, to show the typical
intra-annual variability. The largest seasonal cycle is found in the lower atmosphere. The 2m
temperature is around 270 K in summer and around 240 K in winter; the annual mean equals
257 K. SpeciVc humidity values of 3 g kg−1 can be found frequently in summer throughout the
boundary layer, whereas in winter values are an order of magnitude lower. Zonal wind speed
is larger in winter, with frequent strong easterly winds (more than 20m s−1) in the lowest
2 km connected with storm systems moving eastward. The meridional wind is signiVcantly
weaker. Relative humidity near the surface is lower in summer than in winter. In wintertime,
the surface layer is mostly near or at saturation, connected with high winds, generating drift-
ing snow and low temperatures. The annual mean 2m RHi is 91%. More details on the climate
of Neumayer can be found in König-Langlo et al. (1998) and König-Langlo and Loose (2007).
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Figure 3.6: Time evolution (above) and scatter plots (below) of 12-h interpolated model results vs. hourly
observations of near-surface temperature (left), wind (middle) and relative humidity (right) for the year
1997 at Neumayer. Green lines represent the model results and black lines are observations. The 7m RH
is shown because it serves as direct input for the snowdrift routine.

Figure 3.4 shows the modeled mean summer, winter and annual vertical proVles of the above
variables for the lowermost 5 km of the atmosphere. The strong stable stratiVcation of the
lower atmosphere is clearly visible in the potential temperature proVles. The potential temper-
ature at the surface is about 6 K lower than at 200m height, while RHi is about 20% higher.
Zonal Wow dominates; the meridional Wow is restricted to the lower atmosphere and is strongly
reduced near the surface due to friction. This plot also conVrms that winter wind speeds are
signiVcantly larger than in summer, especially the zonal component, by about 2m s−1. The
wind speed maximum in U is caused by thermal wind eUects, forcing near-surface easterlies
to change in upper-atmosphere westerlies. Neumayer is situated in a region with strong hor-
izontal meridional temperature gradients, which explains the strong east-to-west turning of
the zonal Wow (Van den Broeke et al. (2002b), Van den Broeke et al. (2003)).

Figure 3.5 gives the seasonal cycle of the modeled mean energy balance components using
observations, without drifting snow allowed (Van den Broeke et al. (2010)). The annual mean
net shortwave energy Wux is positive (19Wm−2), whereas the longwave energy balance is
strongly negative (−30Wm−2). The sum of the radiative Wuxes is clearly negative in win-
ter, due to the absence of incoming solar radiation and only positive from November to Jan-
uary. The shortage of solar energy is compensated by a positive sensible heat Wux in winter
(13Wm−2 annual mean). The latent heat Wux is slightly positive in winter and negative in
summer due to sublimation. The annual mean LHF is −2Wm−2. The ground heat Wux is
small and positive in winter and negative in summer. Melt occurs only in December and
January and is small compared to the other surface Wuxes.
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3.4 Drifting snow climate

3.4.1 Effects of interpolation

Drifting snow sublimation is greatly inWuenced by the near-surface atmospheric conditions
(Déry and Yau (2002)). The model is forced by observations every 12 h. To examine the eUects
of temporal and spatial interpolation on the conditions near the surface, key modeled and ob-
served variables are shown in Figure 3.6, again for the year 1997. The interpolated near-surface
temperature, wind and relative humidity match well with hourly observations. The input at
the lowest levels comes from hourly mast measurements, and the surface energy balance is
calculated in the model, which ensures that the daily cycle is well represented. Small scatter is
seen in temperature (R2=0.94) but is somewhat larger in wind (R2=0.87) and relative humid-
ity (R2=0.88). Model wind and RH depart from observations in some cases, because observed
rapid Wuctuations within 12 h are not captured by the model. In general, however, model wind
speed compares very well with observations and the model simulates a similar timing and fre-
quency of the drifting snow events (Figure 3.7b). Drifting snow occurs around 40% of the time
in the model, which is a slight overestimation compared to the 3-h observations (33%). These
drifting snow observations are ‘synops’, i.e. measurements performed at Neumayer according
to WMO standards (König-Langlo and Loose (2007)).

Despite the good agreement between interpolated model values and observations, it is im-
portant to check whether the outliers in wind and relative humidity would greatly aUect the
simulated SUds. To examine this, we forced a simple parameterization for SUds, derived by
Déry and Yau (2001), with hourly observations and with hourly model variables (Figure 3.7a).
This parameterization is deVned as an empirically derived function of near-surface tempera-
ture, RHi and wind speed (Déry and Yau (2001)). The agreement is good, yielding a cumulative
amount of around 90mm in the year 1997 (Figure 3.7a). This conVrms that the eUect of the spa-
tial and temporal interpolation is small. Note that this simple parameterization overestimates
SUds by around 25% compared to the bulk drifting snow model used in this study.

The surface energy balance is altered by drifting snow sublimation, because latent heat is ex-
tracted from the air in the surface layer (Figure 3.7b). During events of drifting snow, the
magnitude of the latent heat Wux becomes as large as 90W m−2, while surface sublimation
ceases. When drifting snow occurs (see markers), the latent heat release due to drifting snow
sublimation (green line) is mostly larger than the latent heat loss connected to surface subli-
mation (red line). This suggests that SUds takes over the surface sublimation during high wind
speeds. This latent heat release cools the surface. In order to maintain the energy balance at
the surface, the sensible heat Wux increases during drifting snow events (Figure 3.7c).
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Figure 3.7: Time evolution of (A): cumulative SUds derived by the simple parameterization (see text),
modeled surface Wuxes ((B): latent heat Wux; (C): sensible heat Wux, both in W m−2) and drifting snow
variables (B: timing of the drifting snow events in the observations (black) and model (green) and D:
ERds). In panel (B) and (C), the green line represents the DRIFT simulation and the red line shows the
NODRIFT simulation.

Figure 3.8: Time evolution of the snow drift Wuxes at Kohnen during the Vrst part of the EPICA-
ENABLE campaign, from 9 January until 29 January 2002. The left panel shows T Rds, the middle panel
gives cumulative SUds, together with surface sublimation (SUs). The green line in the left panel gives the
observed mass Wuxes, the red line shows the model results. The right panel shows the relative humidity
with respect to ice at 7 m above the surface. After this period no drifting snow events were observed or
modelled.

3.4.2 Horizontal drifting snow transport

Apart from SUds, drifting snow also constitutes the horizontal transport of drifting snow,
which leads to local movement of snow from wind-exposed locations towards sheltered re-
gions (Figure 3.7d). Transport divergence represents a net mass loss at the surface (∇·ERds). It
may be highly signiVcant at the local scale, but its contribution to the regional SMB has been
assumed to be two or three orders of magnitude smaller than SUds (Déry and Yau (2002)).

For the purpose of additional validation of the model, modeled horizontal snow transport
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Wuxes were compared with observations from particle impact sensors (Van den Broeke et al.
(2002c)) during the ENABLE campaign in January and February 2002 at Kohnen base (Van As
et al. (2006)). The observed 10m wind speed reached 16ms−1 around 12 January before de-
creasing rapidly towards values between 3 and 12ms−1 between 13 and 20 January. After this
period, winds did not exceed 8ms−1. The average 2m temperature during the campaign was
244.7 K and the average 10m wind speed 5.3ms−1. During the measurement campaign, three
drifting snow events were observed (Figure 3.8). The Vrst, strongest event yielded a horizontal
transport Wux of 0.07 kgm−1 s−1. The model overestimates the horizontal Wux by a factor of
two to three, but agrees on the timing of the event. The second (DOY 16) and third (DOY
20) events are not detected by the model, but their intensity is observed to be very small.
This overestimation of ERds was also seen in Xiao et al. (2000), where PIEKTUK-D calculated
higher transport rates compared to other models in idealized experiments. Yang and Yau (2008)
compared modeled and measured particle spectra at Byrd station, and showed that the overall
pattern of the distribution is well represented, but that there are discrepancies between model
and measurements. Another possible reason for the overestimated transport is the assumption
of a logarithmic vertical proVle of wind speed , which could result in too high modeled trans-
port rates in very stable near-surface conditions. The modeled amount of net SUs and SUds is
negligible during this event, because the relative humidity was 100% (Figure 3.8).

At Neumayer, horizontal transport can reach 1.6 kgm−1 s−1 during strong drifting snow events
(Figure 3.7d), which is 10 times larger than the modeled transport Wux at the ENABLE site.
Stronger winds, higher temperatures and more frequent snowfall cause SUds to be much more
signiVcant in coastal Antarctica compared to the inland plateau. Although strong wind events
do occur on the plateau (Van As et al. (2007)), they are less severe and less frequent than the
ones near the coast (Turner et al. (2009)).

3.4.3 Seasonal cycle

Figure 3.9 presents the mean (1993–2007) seasonal cycle and its inter-annual variability, based
on monthly means of SUds, ERds, drifting snow frequency and of 2m temperature, 10m wind
and 7m relative humidity. SUds varies strongly throughout the year. Minimum values of
0.1 to 0.15mmd−1 occur in January and December. Strongest SUds occurs between March
and November, with daily amounts of 0.2 to 0.25mm. Inter-annual variability is larger in
winter than in summer. SUds variations can be correlated with variations in the other near-
surface variables. Wind speed is characterized by a strong seasonal cycle. Monthly mean
10m wind speed varies between 7m s−1 in January and more than 11m s−1 in August. The
correlation between the seasonal (R2=0.88) as well as the inter-annual variability (R2=0.72)
of wind speed and SUds is strong. However, a part of the variability is not explained by wind
speed. For example, the amount of SUds is larger in autumn (April and May) and in spring
(November) than in winter (July and August), although the wind speed is clearly higher in
winter. The explanation is that the relative humidity near the surface also shows a signiVcant
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Figure 3.9: 15-yr (1993–2007) monthly means (dots) and variability (the doubled standard deviation on
the error bars) of SUds (A), T Rds (C), drifting snow frequency (E) and the 10m wind speed (B), 7 m
relative humidity (D) and 2meter temperature (F).

seasonal variability, with values ranging from 87% in summer to 96% in winter. This reduces
the capacity of the air to take up moisture and consequently weakens SUds in winter. So wind
speed, relative humidity and temperature all play an important role in determining SUds. The
horizontal transport is mostly related to wind speed variability (R2=0.99).

3.4.4 Inter-annual variability

Figure 3.10 shows the annual means of the key variables for the 10 yr simulation (1993–2007)
for Neumayer. Due to the high mean wind speed, drifting snow is a frequent phenomenon at
Neumayer. The frequency of drifting snow varies between 33% (2004) and 49% (1995) and is
proportionally related (R2=0.92) to the annual mean 10m wind speed.

The mean annual amount of drifting snow sublimation is 80mm. The annual cumulative
amount of SUds varies between 50mm (1998) and 127mm (1995) and has a standard deviation
of 24mm. Due to the strong nonlinear nature of the drifting snow phenomenon, there is no
signiVcant correlation between annual mean values of cumulative SUds and 2m temperature,
10m wind speed or 7m RHi.

Sublimation at the surface (SUs) is reduced signiVcantly when SUds is strong due to the moist-
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Figure 3.10: Annual means (1993–2007) of 2m temperature (A), 7m relative humidity (B), 10m wind
speed (C), drifting snow horizontal transport (E) and drifting snow frequency (F), combined with the
cumulative amounts of drifting snow sublimation (D) and surface sublimation in the case without drift-
ing snow (G) and with drifting snow (H), respectively. All variables are shown relative to their 10 yr
mean value.

ening of the surface layer (Mann et al. (2000)). To analyze the feedback between SUs and SUds,
we compare the model simulations with and without drifting snow physics implemented. In
the NODRIFT simulation, the cumulative net surface sublimation, deVned as the sum of de-
position and sublimation, varies between 7mm (2002) and 56mm (2007). The 15-yr annual
mean surface sublimation equals 28mm. In the model simulation including drifting snow net
SUs decreases to 14mm which means a reduction of 50% compared to the NODRIFT simula-
tion. In the DRIFT simulation, surface sublimation only occurs during 7% of the time, whereas
when no drifting snow is allowed, it occurs around 50% of the time.

Annual snow accumulation amounts to 425mm in Neumayer (Schlosser and van Lipzig (2002)),
which suggests that SUds removes on average 16% of the precipitated snow at the surface,
which is very signiVcant. Total sublimation more than triples (94 versus 28mmyr−1) com-
pared to the situation without drifting snow. Melt is a minor contribution to the SMB at
Neumayer, because temperatures rarely reach the melting point. Drifting snow erosion is as-
sumed to be small (Déry and Yau (2002)). Therefore, we can estimate the annual precipitation
amount at Neumayer by adding the total sublimation to the mean accumulation provided by
Schlosser and van Lipzig (2002). The 15-year mean precipitation amount is then estimated to
be 519mmyr−1.
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3.4.5 Self-limiting behavior

Figure 3.11: Time evolution of 10m wind speed, 7m relative humidity, skin temperature, latent heat
Wux, sensible heat Wux and ERds as modeled by RACMO2/SCM, of DOY 54–59 in the year 1997 (23–28
February). The black lines represent the simulation with drifting snow, the grey line is the NODRIFT
simulation.

SUds cools and moistens the near-surface air. When the air approaches saturation during
winter due to high sublimation rates and low temperatures, the drifting snow sublimation
process ceases. As demonstrated by Déry et al. (1998), neglecting this feedback could result in
a substantial overestimation of SUds, especially during high wind speeds. In this study, the
interactions are incorporated implicitly in our model, as we use near-surface observations to
force the model. To investigate this further, Figure 3.11 shows a strong drifting snow event
at the end of February 1997, when u∗,t is exceeded and SUds starts during DOY 55. Wind
speed increases gradually to 20m s−1 , yielding a maximum latent heat release due to drifting
snow sublimation of around 70W m−2 on DOY 56. But, due to SUds, relative humidity also
increases during DOY 55, reaching 97% on DOY 56. The high RHi reduces the additional
SUds during DOY 57 and 58, although the wind speed remains large enough for drifting snow.
At the same time, the skin temperature decreases due to SUds, increasing the sensible heat
Wux. This example illustrates that the feedback between the thermodynamic conditions near
the surface and the drifting snow sublimation process is well captured by the model.

3.4.6 Sensitivity to measurement errors

The uncertainty in the measurements of the near-surface variables results in uncertainties in
the modeled drifting snow sublimation amounts. To estimate these uncertainties, we have
introduced systematic errors in these variables. Results from these experiments are given in
Table 3.2. SUds is mainly sensitive to errors in relative humidity and temperature. These vari-
ables change the speciVc humidity content of the drifting snow layer, which is used for the
calculation of SUds. These results also indicate that the magnitude of change in SUds is dif-
ferent for a positive or negative error, which illustrates the nonlinear behavior of this process.
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Table 3.2: Sensitivity of annual accumulated SUds (% change compared to default value) to systematic
changes of diUerent surface variables. These adaptations are applied to 1 yr of simulation (1997). The
original SUds amount in 1997 is 70mm.

Parameter Average Change Impact on SUds

RHi 91% +5% −49%
−5% +63%

T 257.7 K +0.3 K +50%
−0.3 K −34%

u∗,t 0.3ms−1 +0.05ms−1 +25%
−0.05ms−1 −21%

U 9.6ms−1 +0.5ms−1 +10%
−0.5ms−1 −9%

Errors in u∗,t and wind speed yield still a signiVcant, but smaller, eUect on SUds.

3.5 Conclusions

The drifting snow sublimation process depends on near-surface wind speed, temperature and
relative humidity. In Antarctica, the latter is generally lower at higher temperatures. SUds shows
a clear annual cycle, and is stronger in winter than in summer, which is mainly related to the
annual cycle in wind speed.

In this study, we estimated that drifting snow sublimation removes around 16%±8% of the
precipitated snow at the surface at Neumayer, which is equivalent to around 80mmyr−1. This
means that SUds cannot be neglected in the SMB of Antarctica, especially in locations with
a relatively windy, wet and mild climate. The inter-annual variability is signiVcant, but the
annual cumulative SUds cannot be related to annual mean climate variables, due to the nonlin-
ear nature of the drifting snow process. Direct observations of SUds are not available, because
no reliable method to measure drifting snow sublimation exist to date. In view of the demon-
strated sensitivity of the results to near-surface data, future Veld campaigns should greatly
improve drifting snow sublimation estimates. Additionally, direct validation data are needed,
such as impact particle and sublimation sensors as well as optical particle counters to im-
prove model estimates of drifting snow transport and sublimation. For additional evaluation,
we compared observed and modeled horizontal transport Wuxes at Kohnen on the Antarctic
Plateau. Modeled Wuxes are smaller than the observed Wuxes, but the timing is good, which
gives some conVdence in a realistic representation of the drifting snow variables by the model.

The technique presented in this chapter is not only applicable to regions where radiosonde
measurements are available: the input for the drifting snow routine can also come from a 3-D
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meteorological model or reanalysis data, although this will introduce an additional uncertainty
and does not allow feedbacks into the model. In the future, high-resolution 3-D modeling of
the surface mass balance of the Antarctic ice sheet including drifting snow will lead to more
detailed information about the spatial variation of SUds in Antarctica (see Chapters 4-7). Direct
feedback between drifting snow sublimation and the atmosphere will be considered. Further
work will also include a dynamic surface snow density evolution to explicitly calculate the
feedback between drifting snow and the surface snow structure. However, this will only be
useful when more detailed observations of surface snow density and u∗,t become available.
Based on the results presented here, we expect that drifting snow sublimation is a signiVcant
component of the SMB in the coastal regions of the Antarctic ice sheet.



4
Wind and drifting snow on the

Antarctic ice sheet: model
evaluation

To simulate the impact of drifting snow on the lower atmosphere, surface characteristics
and surface mass balance (SMB) of the Antarctic ice sheet, a regional atmospheric climate
model (RACMO2) with horizontal resolution of 27 km is coupled to a drifting snow routine
and forced by ERA-Interim Velds at its lateral boundaries (1989-2009). This paper evaluates
the near-surface and drifting snow climate of RACMO2. Modeled near-surface wind speed
(squared correlation coeXcient R2=0.64) and temperature (R2=0.93) agree well with observa-
tions. Wind speed is underestimated in topographically complex areas, where observed wind
speeds are locally very high (>20 ms−1). Temperature is underestimated in winter in coastal
areas due to an underestimation of downward longwave radiation. Near-surface temperature
and wind speed are not signiVcantly aUected by the inclusion of drifting snow in the model.
In contrast, relative humidity with respect to ice increases in regions with strong drifting
snow, and becomes more consistent with the observations. Drifting snow frequency is the
only observable parameter to directly validate drifting snow results; therefore, we derived an
empirical relation for fresh snow density, as a function of wind speed and temperature, which
determines the threshold wind speed for drifting snow. Modeled drifting snow frequencies
agree well with in-situ measurements and novel estimates from remote sensing. Finally, we
show that including drifting snow is essential to obtain a realistic extent and spatial distribu-
tion of ablation (SMB<0) areas.

This chapter is published as: Lenaerts, J. T. M., M. R. van den Broeke, S. J. Déry, E. van Meijgaard, W. J. van de
Berg, S. P. Palm, and J. Sanz Rodrigo (2012a), Regional climate modeling of drifting snow in Antarctica, Part I: Methods
and model evaluation, J. Geophys. Res., 117(D05108), doi: 10.1029/2011JD016145
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4.1 Introduction

The surface mass balance (SMB), together with the solid ice discharge across the grounding
line (D), determines the mass balance (MB) of the Antarctic ice sheet (AIS):

MB = SMB−D (4.1)

Recent estimates suggest that MB < 0, i.e. D exceeds SMB and the AIS is losing mass and
contributes to sea-level rise (SLR) (Rignot et al. (2008), Velicogna (2009)) at rates of about 100-
200 Gtyr−1 (∼0.3-0.6 mmyr−1 SLR). These estimates are uncertain, in part because of large
remaining uncertainties in SMB. The speciVc SMB (SSMB) of a snow/ice surface (kgm−2 yr−1)
can be written as the annual sum of precipitation (PR), surface sublimation (SUs), runoU due
to melt (RU) and erosion by (ERds) and sublimation of drifting snow (SUds) per unit area:

SSMB =
∫

year
(PR−SUs−RU−ERds−SUds)dt (4.2)

where ERds equals the divergence of the horizontal transport of snow (TRds). Note that we
deVne drifting snow here as the combined processes of drifting snow particles, which are
limited to below 2 m above the surface, and blowing snow particles (above that level). Until
now, drifting snow erosion and sublimation have been neglected in the majority of Antarctic
SMB studies (Turner et al. (1999), Genthon and Krinner (2001), Van de Berg et al. (2005),
Van de Berg et al. (2006)). Various eUorts to quantify the eUects of drifting snow suggest
that drifting snow sublimation may be of importance on a continent-wide scale, not only in
Antarctica (Budd et al. (1966), Bintanja (1998b), Déry and Yau (2001), Van den Broeke et al.
(2006c)), but also in other snow-covered regions, such as the Greenland ice sheet (Box et al.
(2006)) and the Canadian plains in winter and spring (Pomeroy and Essery (1999)).

A major research obstacle is that modeling of drifting snow requires a high horizontal and
vertical resolution; for instance, topographic features that determine the direction and speed
of the katabatic wind in Antarctica and enhance accumulation on the upwind side (Van den
Broeke et al. (1999), Frezzotti et al. (2005)) must be well resolved.

All SMB components including snow transport and drifting snow sublimation are strongly
controlled by the overlying atmosphere. Due to its remote location and harsh weather condi-
tions, drifting snow measurements on the AIS are sparse in time and space (Bintanja (2000b),
Mann et al. (2000), Mahesh et al. (2003), Van As et al. (2007)). That is why drifting snow
data from measurement campaigns performed during the International Geophysical Year (IGY,
1957-1958) are still useful today. For example, Loewe (1970) compiled wind speeds and drift-
ing snow frequencies at 18 ice sheet stations under highly diUerent atmospheric and surface
conditions, providing excellent insight in the spatial variability of drifting snow on the AIS.

To support the interpretation of in-situ observations, regional climate models have provided
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continent-wide information on the climate and SMB of the large ice sheets of Antarctica (Van
de Berg et al. (2005), Bromwich et al. (2004)) and Greenland (Fettweis (2007), Box et al. (2006),
Ettema et al. (2009)). Conversely, for these models to be credible, evaluation of the near-surface
climate using in-situ observations is essential (Ettema et al. (2010a)).

Here we describe the implementation of a drifting snow routine in the regional atmospheric
climate model RACMO2, which has been especially adapted to simulate polar climate condi-
tions (Van de Berg et al. (2005)). Part II of this paper describes the results, i.e. the drifting
snow climate of the AIS and how it interacts with the SMB and the lower atmosphere. This
chapter describes the methodology and evaluation of RACMO2 over the AIS, and is structured
as follows: in section 4.2, we present the methods. Section 4.3 describes the evaluation of the
near-surface conditions and drifting snow frequency and section 4.4 Vnishes with conclusions.

4.2 Methods

4.2.1 Drifting snow scheme

To calculate TRds, simple relations have been proposed between friction velocity (u∗) and drift-
ing snow Wux (e.g. Mann et al. (2000)). The parameterizations for SUds are computationally
much more expensive, mainly because of the multiple snow particle size classes involved (Xiao
et al. (2000)). As an alternative, Déry and Yau (1999) proposed a bulk (i.e. non-spectral) pa-
rameterization for both components of the drifting snow process; based on single-level input
of temperature, speciVc humidity, pressure and wind speed, this parameterization calculates
a vertical proVle of the thermodynamic variables as well as a new ’bulk’ variable (qb), which
determines the ratio of mass of suspended snow particles to that of air (Déry and Yau (1999)).

The column-integrated rates of sublimation [ms−1] and transport [kgm−1 s−1] are deVned as:

SUds =
∫ zub

zlb

Sbdz (4.3)

T Rds = ρ

∫ zub

zlb

Uqbdz (4.4)

where Sb is the local sublimation rate [kgkg−1 s−1], U is the horizontal wind speed [ms−1],
and zlb and zuub denote the height of the lower and upper boundary of the drifting snow layer
[m]. Of particular importance are the assumptions made at these boundaries. At zlb, which
is deVned to be at the snow surface, the air is assumed to be saturated with respect to ice.
The speciVc humidity proVle decreases with height above the surface following a logarithmic
function, while temperature is assumed to be constant with height. This implies a strongly
decreasing relative humidity (RH) with height. In the drifting snow layer, zero Wuxes of heat,
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moisture or snow particles are imposed at the upper boundary. A more detailed description of
the drifting snow routine can be found in Déry and Yau (1999).

Several changes were made to the original drifting snow model ofDéry and Yau (1999). Firstly,
we decreased the vertical resolution as well as the number of size classes in the gamma dis-
tribution to increase computational speed. The vertical proVle now has 12 layers, of which 7
are located in the lowest 20 m of the atmosphere. As most of the drifting snow events are lim-
ited to the lowest few meters, the reduced vertical resolution does not signiVcantly aUect the
column-integrated amount of drifting snow (Chapter 3). Similarly, the amount of size classes
to determine the snow particle spectrum is reduced from 64 to 32. Winds are relatively strong
on the Antarctic ice sheet, while temperatures are low; this favors the breaking and rounding
of snow crystals. This means that the drifting snow crystals are generally small (Gallée et al.
(2001)) so the size spectrum is narrow.

Secondly, instead of assuming a temperature that is constant with height, we applied a more
realistic dry-adiabatic temperature lapse rate to the proVle, such that SUds is reduced in higher
layers due to lower temperatures. Whereas the lower troposphere in Antarctica is usually
characterized by a strong temperature inversion in calm conditions, strong winds to a large
extent enhance turbulent mixing. With these changes, a sensitivity test with the single col-
umn model version of RACMO2 led to a drifting snow sublimation change of less than 5% at
Neumayer base, East Antarctica (Chapter 3).

Yang and Yau (2008) show that drifting snow characteristics produced by PIEKTUK compare
well with observations from, among others, two Antarctic stations. Despite its relative sim-
plicity, various comparison studies show that this bulk parameterization yields results that are
very similar to computationally more expensive spectral drifting snow models (Déry and Yau
(1999), Xiao et al. (2000)).

4.2.2 Regional climate model description

We used the Regional Atmospheric Climate Model version 2.1 to simulate present-day Antarc-
tic climate conditions (RACMO2 hereafter). The atmospheric dynamics in RACMO2 are from
the High Resolution Limited AreaModel (HIRLAM, version 5.0.6., Undén et al. (2002)), whereas
the physical processes originate from the European Centre for Medium-Range Weather Fore-
casts (ECMWF, cycle 23r4, White (2001)). The model domain includes the Antarctic continent
and a part of the surrounding Southern Ocean (Figure 4.1). The quasi-rectangular grid mea-
sures 240 by 262 points, resulting in a horizontal resolution of around 27 km. Figures 4.1B
and C compare the resolution of RACMO2 with ERA-Interim (∼80 km horizontal resolution).
Individual glacial valleys are much better resolved at 27 km, which may be critical for the
simulation of drifting snow transport.

At its lateral boundaries, RACMO2 is forced by the ECMWF four-dimensional variational (4D-
Var) re-analysis ERA-Interim (1989-present, Simmons et al. (2007)). The forcing is prescribed
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Figure 4.1: (A) Map of Antarctica, including ice shelves, showing the model domain (outer border of
area), relaxation zone (dotted area, 16 gridpoints) and the model topographic height (colours). (B) and
(C) Comparison of model topography in Victoria Land (70-85◦S, 150-180◦E) according to RACMO2 (∼27
km, B) and ERA-Interim (about 80 km, C). The scale runs from 0 (white) to 3000 m (red) above sea level.
The location of the stations used for the fresh snow density parameterization are indicated in (A).

every 6 hours, whereas the model interior is allowed to evolve freely. A previous simulation
with RACMO2 (Van de Berg et al. (2005), Van de Berg et al. (2006)) used ERA-40 (1957-2002) as
forcing, supplemented with operational analyses (Sept. 2002 - Dec. 2004). Compared to ERA-
40, ERA-Interim has higher horizontal resolution, more data assimilated and updated model
physics (Simmons et al. (2007)). Sea-ice extent, thickness and sea surface temperature are pre-
scribed. RACMO2 has 40 vertical hybrid-levels that are terrain-following close to the surface
and become pressure levels at higher altitudes. The lowest model level is at approximately 10
m above the surface. RACMO2 has proven to realistically simulate the climate and SMB of
Antarctica (Van de Berg et al. (2005), Van de Berg et al. (2006)) and Greenland (Ettema et al.
(2009)).

Firn densiVcation in RACMO2 is modeled according to Pimienta and Duval (1987), but in the
upper 5-10 m, we use the time-dependent densiVcation expression modiVed fromArthern et al.



46 4.2. Methods

Figure 4.2: Threshold friction velocity (u∗,t ) and corresponding 10 m wind speed (U10m) for neutral
stability as a function of surface snow density (ρs) for varying snow mobility characteristics. Roughness
length for momentum z0 is assumed to be constant at 1 mm. After Gallée et al. (2001).

Figure 4.3: The regression of fresh snow density upon surface temperature (A) and 10 m wind speed (B)
during accumulation for the period 1989-2006. The scatter between the density retrieved from the Vtting
procedure (horizontal) and the resulting fresh snow density from the regression (vertical) is shown in
C. The error bars show twice the standard deviation retrieved from 18 years of data. The error in the
regressed density is assumed to be equal to the error in the Vtting procedure. The squared correlation
coeXcient (R2) is shown for panel A, B and C, together with the linear regression line in panel A and B.
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(2010). Apart from annual mean temperature and accumulation, this scheme needs a surface
density value, i.e. a value for fresh snow. This parameter is also critical for drifting snow
onset, and is discussed separately in the next section. The coupling procedure between the
drifting snow scheme and RACMO2 is discussed in detail in Chapter 2.

4.2.3 Coupling the drifting snow routine to RACMO2

Drifting snow sublimation (SUds) and erosion (ERds) are processes that remove/deposit mass
from/on the snow surface. Moreover, SUds adds moisture to and extracts heat and momentum
from the atmospheric surface layer (SL). The state of the snow surface determines how sus-
ceptible particles are to be picked up by the wind. Therefore, a direct coupling of the drifting
snow routine both with the lower atmosphere and the snow surface scheme in RACMO2 is
essential.

Drifting snow starts when the friction velocity (u∗) exceeds a certain threshold value u∗,t.
The friction velocity u∗ is a function of the surface layer wind speed (here we use 10 m wind
speed (U10m)) and the surface roughness length z0, assuming a logarithmic wind proVle during
strong wind conditions (neutral stability, Garratt (1992)).

The surface roughness length z0 is determined by the shape of the surface roughness elements
and the prevailing wind direction, the combination of which determines the eUective area of
roughness elements (Lettau, 1969). In Antarctica, a wide range of surface roughness elements is
found, from smooth blue ice to rough sastrugi. As a result, a wide range of z0 values have been
reported for Antarctic surfaces; they range from <0.1 mm over blue ice (Bintanja and van den
Broeke (1995)), 0.1-0.2 mm over Brunt ice shelf (King and Anderson (1994)), Fimbul ice shelf
(Liljequist (1956-1957)), and over snow on the Antarctic interior plateau (Weller (1980)), ∼0.3
mm over ice crust at Mizuho Plateau (Fujii and Kusunoki (1982)), ∼0.8 mm over low sastrugi
in Dronning Maud Land (Bintanja and van den Broeke (1995)), ∼1 mm in AdŐlie Land,
Antarctica (Wendler et al. (1988)) and >10 mm when the prevailing wind is directed towards
the elongated sides of high sastrugi (Jackson and Carroll (1978)). In summary, generally lower
values are reported from the inland plateau and coastal ice shelves, where katabatic winds
are absent, and higher values from the marginal slopes, where katabatic winds are active.
However, insuXcient information is available to map z0 spatially and temporally, so at present
there is no justiVcation to prescribe a spatially varying Veld of z0, and we decided to use a
value of 1 mm over the grounded ice sheet as well as the ice shelves. Using this constant z0,
a realistic near-surface wind Veld over Antarctica is simulated (Reijmer et al. (2004)). A well-
known phenomenon is the apparent increase of z0, zh and zq during blowing snow conditions,
(Bintanja and Reijmer (2001)). This is not caused by changes in the surface characteristics, but
by the altered wind, temperature and humidity proVles, i.e. it is a result of rather than feeding
back on snow particle sublimation. To avoid unrealistic feedbacks, the blowing snow routine
does not require input for z0, zh and zq, but rather uses values for wind speed, temperature
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and humidity at a Vxed level above the surface, either from observations (Chapter 3) or (as in
our case) from the Vrst model level.

The expression for the threshold friction velocity u∗,t is deVned as (Gallée et al. (2001)):

u∗,t = u∗,t0exp(
−n

1−n
+

n0

1−n0
) (4.5)

where n is the snow porosity:

n = 1− ρs

ρi
(4.6)

and, similar for n0:

n0 = 1− ρ0

ρi
(4.7)

in which ρs is the actual snow density (the mean of the upper 5 cm of snow) and ρi the density
of ice (both in [kgm−3]). n0, similarly, is deVned as the porosity of fresh snow (a value of 300
kgm−3 for ρ0 is used here ). u∗,t0 is deVned as (Gallée et al. (2001)):

u∗,t0 =
log(2.868)− log(1+Mo)

0.085
C0.5

D (4.8)

CD is the drag coeXcient for momentum:

CD =
u∗2

U2 (4.9)

with U denoting near-surface wind speed [ms−1]. A typical value of CD is 0.002 for a neutral
surface layer, a surface roughness for momentum z0 of 1 mm and U is measured at 10 m above
the surface.

In equation 4.8, Mo describes the mobility of snow particles (Gallée et al. (2001)):

MO = 0.75DE−0.5SP+0.5 (4.10)

Dendricity (DE) varies from 0 (old snow) to 1 (fresh snow), depending on the number of
fresh snow grain shapes remaining in the snow layer. Sphericity (SP) also varies between 0
(completely angular) and 1(completely rounded), and represents the ratio of rounded to angular
snow grains in the snow pack.

Figure 4.2 shows that for a sphericity and dendricity of 0.5 (black line) the threshold friction
velocity increases nearly linearly from 0.4 ms−1 for ρs of 300 kgm−3 to 1.35 ms−1 when ρs
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Table 4.2: Overview and source of station data used in the wind speed validation of RACMO2.

Alias Name # of stations

USAP Antarctic Meteorological Research Center, University of Wisconsin-Madison 78
AUST Australian Antarctic Division Glaciology Program 16
ITA Italian Antarctic Research Programme 10
IMAU Institute for Marine and Atmospheric Research, Utrecht University 9
IPF International Polar Foundation (Princess Elizabeth Base) 1
BAS British Antarctic Survey (Halley station) 1

equals 500 kgm−3. For z0 = 1 mm, DE=1 and SP=0, drifting snow starts (u∗ = u∗,t) even
at relatively low 10 m wind speeds (∼7 ms−1) when the surface snow density is below 350
kgm−3. When the snow surface is more consolidated (ρs > 500 kgm−3) and snow grains are
rounded (SP=DE=0.5), e.g. after melt events, U10m> 30 ms−1 is required to activate drifting
snow. We conclude that drifting snow onset is very sensitive to surface snow density and
grain shape, which determines mobility.

Explicitly modeling the evolution of snow mobility requires detailed prognostic computations
of snow particle characteristics, with very limited observational data to evaluate the results
for the AIS. Moreover, data are also needed for ρs, a poorly deVned variable in the Veld for
which similarly few observations are available. However, drifting snow frequency is a more
commonly observed variable at Antarctic stations. That is why we choose to adopt constant
values for SP (0.5) and DE (0.5), implying a snow mobility index of 0.625, and develop a
parameterization for surface snow density, such that modeled drifting snow frequencies agree
with observations (see section 4.2.4). By Vxing DE and SP, the result of the iterative procedure
is a local surface snow density that is not necessarily realistic, but merely provides a realistic
drifting snow frequency for that location. The atmospheric coupling between the drifting snow
routine and RACMO2 is described in detail in Chapter 2 and 3.

The erosion of snow by drifting snow (ERds) is deVned as the divergence of the horizontal
transport of suspended snow (∇ ·TRds). To determine ERds at each grid point, the horizontal
transport vectors are needed, not only locally, but also from neighboring grid points. The
horizontal transport scalar from the drifting snow routine is decomposed in two horizontal
vector components using the wind vector at the lowest model level, assuming that wind and
snow transport have the same direction. Finally, both SUds and ERds exchange mass with
the surface. Therefore, both processes are introduced as mass Wuxes in the snow model of
RACMO2.
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Figure 4.4: Wind speed (10 m height) validation of RACMO2 at 115 stations in Antarctica. (A) Modeled
versus observed mean wind speed (mean of monthly values for the overlapping period). (B) Performance
of RACMO2 depending on location; shown is the deviation from RACMOwith respect to the observations
(%), so a negative/positive value is associated with an under/overestimation by the model. (C) Same as
(A), but without the 23 stations located within the green rectangles in (B).

4.2.4 Fresh snow density as a measure for u∗,t

Due to the large spatial variability in wind speed, accumulation and temperature, surface snow
characteristics vary greatly over the Antarctic continent (Van den Broeke (2008)). Elsewhere,
fresh snow may have a low density (typically 50-100 kgm−3), but in the windy environment
of Antarctica, snow crystal breaking and rounding rapidly densiVes the snow at the surface (Li
and Pomeroy (1997) and Gallée et al. (2001)). As a result, surface snow density typically varies
between 300-350 kgm−3. An important negative feedback is the following: when erosion
and/or sublimation remove the low-density top layer of the snow pack, compacted snow layers
with a higher density are exposed. That, in turn, reduces the likelihood of additional drifting
snow (drifting snow-density feedback).
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Measurements of surface snow density in Antarctica are sparse in time and space, and usually
performed along overland traverses (e.g. Richardson et al. (1997), Anschütz et al. (2009)) or as
point measurements (Van den Broeke (2008)). Near-surface snow density has been parame-
terized as a function of annual average surface temperature (Ts), 10 m wind speed (U10m) and
annual accumulation (Acc) (Kaspers et al. (2004)). However, this frequently included density
values are representative for the Vrst 0.5 - 1 m of snow, while we are interested in the skin
layer density (Vrst few cm) for the purpose of drifting snow applications.

Loewe (1970) analyzed drifting snow frequency data for 18 Antarctic stations (Figure 4.1),
mainly collected during the IGY (1957-58). For each station, he calculated a drifting snow
frequency histogram for various wind speeds. Here we present a new formulation for the
density of fresh Antarctic snow, which mainly determines the density of the surface snow,
such that modeled drifting snow frequency Vts these observations.

We apply an iterative procedure to obtain a fresh snow density that best Vts the observed
drifting snow frequency for each station. For this purpose, we use the RACMO2 data (DRIFT
simulation), using the same numerical setup as discussed above. First, a quality check on
the RACMO2 wind data is performed (see Table 4.1). Stations 4 and 10 have been removed
because of insuXcient representation of the local katabatic wind regime, which results in an
underestimation of the observed wind speed. Due to its sheltered positions, Wilkes (station 15)
is characterized by weak katabatic winds, which are overestimated by RACMO2. This station
is therefore also removed. Charcot (station 3) is removed because the drifting snow frequency
was reported to be 100% for all wind speeds, which is clearly unrealistic. The other 14 stations
show reasonable wind speed statistics in RACMO2.

As a second step, the 10 m wind speed frequency distribution is calculated for the location of
each of the 14 remaining stations. Because of lacking wind speed spectra from the observa-
tions from Loewe, we use the spectra from six-hourly RACMO2 data (1989-2006) instead. To
remove the remaining model bias, we correct the wind speeds in RACMO with the diUerence
between the mean observed wind speed and the modeled wind speed (0-2.4 ms−1). The mea-
sured (Loewe (1970)) drifting snow frequency spectrum is Vtted to a Weibull distribution, from
which we obtain an exact drifting snow frequency for each wind speed. The total drifting
snow frequency (SDFR, Table 4.1) is then obtained by summing all drifting snow frequencies
over the complete wind speed spectrum. Drifting snow frequency varies greatly among the
stations (Table 4.1), with values ranging from 7% on the high Antarctic Plateau to 81% in windy
(katabatic) regions.

Next, a starting value of ρs is assumed, providing u∗,t (using DE=SP=0.5). The six-hourly
data from RACMO2 (1989-2006) are again used to calculate drifting snow frequency as the
fraction of time steps for which u∗ exceeds u∗,t. While varying ρs, we repeat this procedure
until modeled and observed drifting snow frequency agree within 2%. This exercise was re-
peated for each of the 18 years in the simulation to capture the inter-annual variability of fresh
snow density, that could subsequently be used as a measure for the uncertainty in the Vtting
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procedure (Figure 4.3), considering the fact that we only have 1-2 years of SDFR observations.

The results of this exercise are summarized in Table 4.1. Values for ρfit (the Vtted fresh snow
density) vary between 275 and 355 kgm−3. ρfit is low for stations in the interior, where wind
speed, accumulation and surface temperature are low. Eights, which has a relatively high
accumulation rate, but a low wind speed, also has a low fresh snow density. High ρfit values
are found at stations with relatively high wind speed, accumulation and temperature (S2 and
Mirny), but also at e.g. Byrd station. This is because at this site, SDFR is relatively low (23%)
in combination with a mean wind speed of 8.5 ms−1. As a result, the fresh snow density
obtained here is high. This also holds for Halley Bay.

Finally, the fresh snow density thus obtained is regressed upon other knownmodel parameters,
to be able to calculate fresh snow density in the model during accumulation events. Table 4.1
and Figures 4.3 A and B suggest that ρfit is related to annual mean surface temperature (as a
measure for rate of snow metamorphosis) and/or 10 m wind speed during accumulation (as
a measure for the wind-induced breaking and rounding of snow particles). Pionerskaya is
an outlier. Here, drifting snow frequency is very high (81%), but the mean 10 m wind speed
during accumulation is not extremely high (11 ms−1) and the mean surface temperature is
only 235 K. Probably, local surface conditions facilitate drifting snow; the station is located in
the escarpment zone where the topography has a convex form (Figure 4.1), which is usually
associated with convergence of snow by the wind. This continuously renews the top snow
layer and keeps its density low, which favors drifting snow.

The multiple linear regression that relates fresh snow density to mean surface temperature
(Tsfc,Acc) and 10 m wind speed (U10m,Acc) during accumulation, becomes:

ρreg = A+BTs f c,Acc +CU10m,Acc (4.11)

where A= 97.5 kgm−3, B=0.77 kgm−3 K−1 and C = 4.49 kgsm−4.

Including annual total accumulation in the regression procedure did not improve the Vt. Figure
4.3 shows that all regressed values are within 30 kgm−3 of the Vtted values, corresponding to
an uncertainty in u∗,t of ∼0.1 ms−1. In general, stations with high wind speed and/or tem-
perature are characterized by a higher fresh snow density. We used this relation in RACMO2
to compute fresh snow density during each accumulation event. By doing so, the values of ρs

and the conditions for drifting snow are strongly linked to the local ’accumulation’ climate. As
an additional condition, the minimum/maximum fresh snow density is set to 300/350 kgm−3,
which are reasonable limits for ρs (Kaspers et al. (2004)).

To summarize, the eUect of surface snow densiVcation through high wind during snowfall as
well as the surfacing of high density snow in erosion areas is explicitly included in RACMO2;
the model does not explicitly simulate the formation of wind crusts, because their formation
mechanism and how they impact drifting snow is still poorly understood.
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Figure 4.5: Observed (black) and modeled (gray) 10 m daily mean wind speed time series of available
data in one year (1994, top) and distribution (bottom) at 2 stations in Antarctica for the overlapping
periods, i.e. 1994-2003 for LGB59 and 1989-1998 for Law Dome. Note the diUerent scales.

4.3 Model evaluation

Two RACMO2 simulations were performed. The Vrst simulation (DRIFT) includes the drifting
snow physics and the interactions with the atmosphere and snow surface, as described in this
section. In the second simulation (NODRIFT) drifting snow is de-activated. We performed
two years of model integration (1989-1990) to initialize the snowpack, and used the snowpack
structure of 1 January 1991 as initial condition for the full model simulation (Jan. 1989- May
2010).
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Figure 4.6: Observed (black, source: SCAR READER database (http: // www. antarctica. ac. uk/
met/ READER/ )) and modeled (gray) monthly mean 2 m temperatures [K]. The locations of the stations
are shown on the map. The modeled values of stations 3, 4 and 5 are located on the Vrst inland (100%
land) point to avoid errors related to land-sea interactions.

4.3.1 Near-surface climate

To correctly model drifting snow, the near-surface wind speed Veld needs to be realistically
simulated. We Vnd that the diUerences between DRIFT and NODRIFT are small, and not
signiVcant compared to the diUerences between model and observations. Therefore we show
results from the DRIFT simulation only. Figure 4.4 compares the mean monthly wind speed
for overlapping periods between observations and model for 115 automatic weather stations
(AWS) in Antarctica. The station data are compiled from various sources (Table 4.2) and have
a good coverage over the Antarctic ice sheet (Figure 4.4 B). Before analysis, a thorough quality
test was performed on the data (Sanz Rodrigo (2011)). Stations with less than 1 year of data
are removed. Data with spurious gaps or irregular behavior are omitted as well.

Given that all data come from AWS, with known problems for quality control, the correla-
tion between modeled and observed wind speed is high, especially for wind speeds below 10
ms−1. Stations with very high wind speeds are not well represented in RACMO2, which ex-
plains the relatively low correlation coeXcient in Figure 4.4 A. Figure 4.4 B suggests that the
largest underestimation occurs in regions with complex topography, such as the Transantarc-
tic Mountains, around Cape Denison, where very high annual mean wind speeds occur (> 20
ms−1), and around Law Dome. When the stations located in these areas are removed (Figure

http://www.antarctica.ac.uk/met/READER/
http://www.antarctica.ac.uk/met/READER/
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4.4 C), the agreement considerably improves. The squared correlation coeXcient (R2) increases
from 0.48 to 0.64 and the root-mean-squared error (RMSE) and mean bias decrease substan-
tially. As drifting snow is closely related to wind speed, we should realize that potentially
very strong drifting snow events in these regions may not be modeled correctly. On the other
hand, we are aware that the locations of some of these stations are not representative for their
surroundings, so we expect some of these high wind speeds to be local.

Figure 4.7: Mean modeled (1989-2009) and observed (obtained from 10 m deep snow temperature, Van
den Broeke (2008)) mean surface temperature [K] for 64 locations in Antarctica.

In Antarctica, two main wind regimes are found; Vrstly, the ice sheet escarpment is character-
ized by katabatic winds Wowing from the interior towards the coast. Secondly, coastal stations
have a wind climate that is strongly inWuenced by low-pressure systems, i.e. near-surface
winds are mainly ’synoptically-driven’. Figure 4.5 shows wind time series for one year and
frequency distributions (based on daily data) for those two wind regimes. The AWS LGB59 is
located in the Lambert Glacier basin, at an elevation of 2300 m above sea level. The wind speed
is normally distributed, with a mean wind speed and maximum frequency around 10 ms−1.
This wind climate can be characterized as ’katabatic-dominated’, with limited variability in
wind speed and direction. At Law Dome, located near the coast, katabatic forcing is absent
and storm passages are frequent. The highest wind frequency is around 4 ms−1, but the dis-
tribution is strongly skewed and tails oU slowly with relatively frequent occurrences of high
wind speeds and associated drifting snow events. The wind speed variability and distribution
at both locations is well reproduced by RACMO2.

Near-surface temperature to a large extent determines moisture content and sublimation po-
tential. It must therefore be correctly simulated. Although the surface energy balance is
diUerent in drifting snow conditions, the near-surface temperature in DRIFT is not signiV-
cantly changed compared to NODRIFT. Therefore, it is not possible to assess whether includ-
ing drifting snow leads to better representation of near-surface temperature. Figure 4.6 shows
the seasonal cycle (based on monthly means) of observed and modeled 2 m temperature at 5
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Antarctic stations. The overall correspondence is good, but the winters in RACMO2 at the
coastal stations (4 and 5) are too cold. A possible reason is the underestimation of incoming
longwave radiation from the atmosphere (Van de Berg et al. (2007), Ettema et al. (2010b)),
which is probably related to an underestimation of atmospheric moisture in winter and/or an
underestimation of the clear-sky radiance (Van de Berg et al. (2007)). Figure 4.7 shows that
RACMO2 captures the wide range of annual mean surface temperatures (mainly obtained from
10 m deep snow temperature). The underestimation at the warmer coastal stations follows the
wintertime bias discussed above.

Figure 4.8: (A) DiUerence between the mean (1989-2009) 2 m relative humidity (w.r.t. ice) in DRIFT
and NODRIFT (B) Annual cycle of 2 m relative humidity (w.r.t. ice) at Neumayer station, according to
the observations (black), DRIFT (solid gray) and NODRIFT (dashed gray) for the period 1993-2007.

Figure 4.9: Modeled (1989-2009) and observed (1957-1958) drifting snow frequency for the stations in
Table 4.1. The length of the vertical bars denote twice the standard deviation of annual values based on
the period 1989-2009.

Apart from near-surface wind speed and temperature, SUds also strongly depends on near-
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surface relative humidity, as this determines the potential for sublimation in the lower atmo-
sphere (Chapter 3). Due to SUds, 2 m relative humidity (with respect to ice), is clearly higher in
DRIFT compared to NODRIFT (Figure 4.8 A). The diUerence is most pronounced in the coastal
regions of East Antarctica, where drifting snow is strong. There we locally Vnd an increase
of RHi of 10% or more. At Neumayer base, this moisture increase leads to a more realistic
seasonal cycle of near-surface relative humidity (Figure 4.8B), although RHi remains slightly
underestimated. At this station, located on an ice shelf in coastal Dronning Maud Land (71◦S,
8◦E), drifting snow sublimation removes around 16% of the annual precipitation (Chapter 3).
The observed annual mean RHi is 91% for the period 1993-2007, whereas the DRIFT simula-
tion gives 87% and the NODRIFT simulation 85% for the same period. The RHi increase from
summer to winter is much better represented in the DRIFT simulation. This indicates that the
higher moisture content due to enhanced SUds in winter, together with lower temperatures
in winter, explains the strong seasonal cycle of near-surface RHi at Neumayer.

4.3.2 Drifting snow frequency

With respect to the drifting snow process , drifting snow frequency is the best observable
parameter that can still serve to evaluate model drifting snow results. Problems could arise
from the assumption that surface snow density equals fresh snow density, as densiVcation
could enhance surface density between the time of snowfall and the Vrst drifting snow event,
especially in the calm interior ice sheet. Fig. 4.9 shows that this is not prohibitive for the
method. RACMO2 is able to realistically simulate the frequency of drifting snow at these
stations. The most important underestimation is seen at Eights, which has a clearly higher
fresh snow density than expected from the observed drifting snow distribution (see Table
4.1). At Pionerskaya, the station with the largest drifting snow frequency, SDFR is somewhat
underestimated. This can be explained by the fact that RACMO2 underestimates the highest
wind speeds (Figure 4.4). The high overall correlation indicates that the new parameterization
of surface snow density leads to a realistic representation of drifting snow frequencies over a
wide range of climate conditions, and supports our empirical approach.

A Vrst independent check is performed by comparing observed and modeled drifting snow fre-
quency at Neumayer station, East Antarctica, a station which is not included in the procedure
to determine ρs. Figure 4.10 illustrates the temporal variability of drifting snow frequency
observed at Neumayer and modeled by RACMO2. The inter-annual variability is signiVcant
(Figure 4.10A), with measured annual mean drifting snow frequency ranging from 27% to 36%.
This variability is very well reproduced by the model. Drifting snow frequency also varies
strongly within the year, from ∼20% in summer, increasing to ∼40% in mid-winter. Despite
a small overestimation, RACMO2.1 captures this intra-annual variability well (Figure 4.10B).
In summer there is a very subtle feedback at play: in the drifting snow run, enhanced sub-
limation exposes older snow layers with larger grains. This lowers the surface albedo and
enhances melt. This in turn prohibits drifting snow, because melt further densiVes the sur-
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face snow and makes it even darker. At locations where snow melting is marginal, such as
Neumayer, an overestimation of this melt triggers this feedback and may already lead to densi-
Vcation that is too strong, prohibiting drifting snow, while in reality drifting snow still occurs.
But melting can also be discontinuous is space, so that another plausible explanation is that
the observed drifting snow is advected from upwind areas where melting did not take place.
Finally, there is the uncertainty in the observations to take into account. In winter, RACMO2
slightly overestimates drifting snow frequency. This wintertime result is satisfactory given
the fact that all variables on which drifting snow frequency depends are generated internally
in RACMO: wind speed, accumulation amount and frequency, temperature and wind speed
during accumulation and melt events, the latter which are very infrequent at Neumayer. On
top of that, there is the uncertainty in the observation, which could be biased by changes in
observer and/or observation time.

Figure 4.10: Inter-annual (A) and seasonal (B) variability of drifting snow frequency at Neumayer
from observations (black) and the model (gray) for the period 1993-2007. The vertical black bars denote
twice the standard deviation of the observations.

Although uncertainties are signiVcant, some studies reported estimates of horizontal transport
of snow in Antarctica using optical or impact sensors (Bintanja et al. (2001), Nishimura et al.
(2005), Frezzotti et al. (2007)). From a region that is well-known for its strong katabatic winds,
Scarchilli et al. (2010) reported a mean drifting snow frequency of 80% and a cumulative snow
transport of 5 ·106 kgm−1 in the period 2006-2007 at Larsen Glacier in Victoria Land (74◦57′S,
161◦46′E, 1350 m a.s.l.). The modeled total transport in RACMO2 (4.6 · 106 kgm−1) in the
same period for this location agrees very well with these observations . The modeled drifting
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snow frequency is 60% for 2006 and 65% for 2007, which is somewhat lower than the measure-
ments by Scarchilli et al. (2010). At Halley station, located on an ice shelf in coastal Antarctica
(75◦35′S, 26◦34′W), the cumulative snow transport in austral winter of 1991 was estimated
to be 5.5 · 105 kgm−1 (Mann et al. (2000)). Our model somewhat overestimates the snow
transport (7.3105 kgm−1), but the modeled snow frequency (29%) is well within the observed
range (27-37%, Mann et al. (2000)).

These local drifting snow measurements are essential for model evaluation, but they are sparse
and not always representative for large areas. In that respect, remote sensing oUers promising
new tools to provide drifting snow characteristics over extended areas. Here, we use a novel
product, namely drifting snow frequencies derived from IceSAT and/or CALIPSO satellites.
The algorithm, which is described in detail in Palm et al. (2011), uses the satellite backscatter
signal to detect thick (>20 m) drifting snow layers. Although the application of this technique
is limited to cloud-free regions where the drifting snow is strong enough, it provides insight in
the spatial and temporal variability of drifting snow over almost the entire Antarctic ice sheet
(Palm et al. (2011)). The technique is applied to a full year (2009) of CALIPSO tracks (almost
35 million single point measurements). Next, Antarctica is split up in 1 x 1 degree grid cells, in
which the drifting snow frequency is deVned as the ratio between the number of drifting snow
events and the total number of cloud-free events. To facilitate a direct comparison, we used 3-
hourly RACMO2 data, removed all data with cloud cover higher than 5% and snow transport
lower than 0.15 kgm−1 s−1 , which is equivalent to a drifting snow layer depth of ∼20 m.
Figure 4.11 shows the comparison between the CALIPSO-derived drifting snow frequency
and modeled drifting snow frequency from RACMO2 for July 2009. We choose this month
because it has the highest drifting snow frequency of the whole year 2009. The spatial patterns
in RACMO generally match very well with CALIPSO. The model agrees with CALIPSO on
the high drifting snow frequencies in Victoria and Adélie Land (Palm et al. (2011)). Modeled
drifting snow frequencies are higher in coastal areas of East Antarctica, whereas the band of
high frequencies is somewhat more conVned to the coast. Although the uncertainties involved
with this comparison are signiVcant, this result provides evidence that the spatial distribution
of drifting snow is realistically modeled in RACMO2.

4.3.3 Surface ablation

Figure 4.12 identiVes ablation areas (SMB<0) in the DRIFT simulation. While there is only
one clear ablation area in the NODRIFT simulation (around the Lambert Glacier, not shown),
in the DRIFT simulation the combined eUect of drifting snow sublimation and erosion (Figure
4.12 A) causes ablation areas to appear along the Transantarctic Mountains (Figure 4.12 B),
in Dronning Maud Land and around the Lambert Glacier basin (Figure 4.12 C). All of these
areas are known as meteorite collection sites (Figure 4.12), providing qualitative support for
the modeled distribution of ablation areas. Several other meteorite collection sites coincide
with areas with low (<50 mmyr−1) modeled SMB values. Including drifting snow in the



4. Wind and drifting snow on the Antarctic ice sheet: model evaluation 61

Figure 4.11: Drifting snow frequency in July 2009 derived from CALIPSO (Palm et al. (2011), left) and
modeled by RACMO2 (right). Note that these plots only show strong drifting snow events in non-cloudy
conditions (see text).

Figure 4.12: (A) Mean (1989-2009) ratio of drifting snow (SUds+ERds) to snowfall; (B) and C) Annual
mean SMB in DRIFT (1989-2009), the color scale ranging from negative or near-zero (white) to large
(dark blue) SMB values (B=Ross ice shelf and Transantarctic Mts., C=Lambert Basin, Eastern Dronning
Maud Land and Enderby Land). In B and C, the locations of meteorite deposition sites are represented
by blue circles.
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model increases the spatial extent of ablation areas in Antarctica from 0.1 to 0.5%, much closer
to the satellite-retrieved extent of 0.8% given by Winther et al. (2001). These Vndings indicate
that the drifting snow process is essential to retrieve a realistic location and extent of ablation
areas in Antarctica.

4.4 Summary and conclusions

For the Vrst time, an interactive routine that calculates drifting snow transport and sublima-
tion has been coupled to a three-dimensional regional climate model and subsequently run to
simulate drifting snow in Antarctica for a period long enough to generate a useful climatology
(1989-2009).

First we evaluated the near-surface Antarctic climate in RACMO2. Due to its relatively Vne
horizontal resolution (∼27 km), RACMO2 captures most local climate conditions; only in to-
pographically complex environments with strong winds, a signiVcant wind speed underesti-
mation is found. In these topographically rough areas, AWS wind speed observations are not
always representative for a larger area, as cold katabatic Wows are strongly inWuenced by the
topography, which is not adequately resolved by the current model resolution of 27 km. Mod-
eled near-surface and surface temperatures agree well with observations, apart from a negative
winter bias, mainly as coastal stations, caused by an underestimation of incoming longwave
radiation. Drifting snow has no signiVcant impact on the temperature and wind speed near
the surface, but increases relative humidity, which becomes more realistic compared to obser-
vations.

Next, we used observed drifting snow frequencies, obtained during the IGY (1957-1958), to de-
velop an empirical parameterization for fresh snow density, using local temperature and wind
speed as predictors. In combination with a density-dependent formulation of threshold friction
velocity, this approach generates realistic drifting snow frequencies around the continent.

Evaluation of modeled drifting snow characteristics is diXcult owing to the near-complete ab-
sence of observations of drifting snow from Antarctica. In spite of the relative simplicity of the
drifting snow routine, and the fact that all climate parameters that are important for drifting
snow (surface snow density, snowfall, temperature, wind speed) are internally generated by
RACMO2 and hard to verify due to a lack of observations, good qualitative agreement is found
with drifting snow frequency observations and total transport estimates at three Antarctic lo-
cations: Halley, Neumayer and Victoria Land. An improved continent-wide distribution of
ablation areas is found when drifting snow is activated, and RACMO2 is capable of qualita-
tively reproducing the frequency of heavy drifting snow events detected by laser altimetry
from space (Palm et al. (2011)). A more detailed analysis of the diUerences, which remain
substantial at places, must wait until more reliable drifting snow observations from Antarctica
become available.
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These results enable a quantitative analysis of the drifting snow climate in Antarctica, as
presented in the next chapter.





5
Drifting snow climate of the

Antarctic ice sheet

This chapter presents a model study of the impact of drifting snow on the lower atmosphere,
surface snow characteristics and surface mass balance of Antarctica. We use the regional at-
mospheric climate model RACMO2 with a high horizontal resolution (27 km), equipped with
a drifting snow routine and forced by ERA-Interim (1989-2009) at its lateral and ocean bound-
aries. Drifting snow sublimation (SUds) is signiVcant in Antarctica, especially in the coastal
regions (> 150 mmw.e.yr−1). Integrated over the ice sheet, SUds removes ∼6% of the annu-
ally precipitated snow. Drifting snow interacts with the atmosphere, as it increases the lower
atmospheric moisture content and reduces surface sublimation (SUs), and leads to increased
snowfall in regions where the atmosphere usually is close to saturation. Drifting snow subli-
mation (SUds) is smallest in summer, when katabatic wind speeds are lower and melting and
surface sublimation consolidate the snow surface. Compared to a simulation without drifting
snow, total sublimation (SUds+SUs) doubles on the grounded ice sheet if drifting snow is con-
sidered. Drifting snow erosion is locally signiVcant, but can be neglected on a continent-wide
scale.

This chapter is published as: Lenaerts, J. T. M., and M. R. Van den Broeke (2012), Regional climate modeling of
drifting snow in Antarctica, Part 2: Results, J. Geophys. Res., 117(D05109), doi: 10.1029/2010JD015419
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5.1 Introduction

The Antarctic ice sheet (AIS) is the largest ice volume on Earth, representing an equivalent
eustatic sea level rise of 61 m (Church et al. (2001)). Recent studies found that the AIS is
losing mass at a rate of 30-200 Gtyr−1, with uncertainties in the order of 40% (Rignot et al.
(2011a), Zwally and Giovinetto (2011)). A major reason for this large uncertainty is insuXcient
knowledge of the surface mass balance (SMB), including the impact of drifting snow (Bintanja
(1998b), Bintanja and Reijmer (2001), Van de Berg et al. (2005), Box et al. (2006), Van den
Broeke et al. (2010)). We deVne Òdrifting snowÓ here as the combined processes of drifting
snow particles (limited to below 2 m above the surface) and blowing snow (above 2 m). The
drifting snow layer is usually shallow, but on some occasions can extend hundreds of meters
into the atmosphere (Budd et al. (1966),Mahesh et al. (2003)). For the East Antarctic ice sheet,
which represents more than 90% of the AIS and which exhibits low accumulation, strong
katabatic winds and negligible snow and ice melt, the impact of drifting snow on the SMB
may be of particular importance.

In Chapter 3, we found that drifting snow sublimation (SUds) removes 16 ± 8 % of the annual
snowfall at Neumayer station (Dronning Maud Land, East Antarctica), representing a mass
Wux of around 80 mmyr−1. It has been suggested that SUds can remove up to 75% of annual
snowfall in dry and windy areas, such as the East Antarctic ice sheet (Frezzotti et al. (2005)).
Drifting snow erosion, although believed to be two or three orders of magnitude smaller than
SUds on a continental scale, can become important locally, especially in dry and windy areas,
such as Victoria Land (Frezzotti et al. (2007), Scarchilli et al. (2010)).

Not only does drifting snow impact the SMB, it also interacts with the physical properties
of the snow surface and the lower atmosphere, with several negative feedbacks being active.
Drifting snow sublimation cools and moistens the near-surface air, limiting further sublimation
(Mann et al. (2000)). In katabatic wind regions along the ice sheet margin, vertical entrain-
ment of dry air in the boundary layer may enhance and maintain drifting snow sublimation
(Bintanja (2001b), Bintanja (2001a)), which would otherwise be strongly self-limiting. The
characteristics of the surface snow to a large extent determine the onset of drifting snow (Gal-
lée et al. (2001)), whereas drifting snow erosion and sublimation in turn lead to changes in
snow surface conditions: if older, denser snow layers are exposed, this will decrease the drift-
ing snow potential.

In this study we use the regional climate model RACMO2 at a horizontal resolution of 27 km, to
model the impact of drifting snow on the SMB, surface characteristics and lower atmosphere
of Antarctica. This chapter discusses the drifting snow climate (Section 5.2), analyzes the
interactions with the atmosphere and surface (Section 5.3 and 5.4) and the impact of drifting
snow on the SMB (Section 5.5). Conclusions and discussion are given in Section 5.6.
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Figure 5.1: (A) Simulated mean (1989-2009) 10 m wind speed [ms−1] and direction; (B) surface snow
density (upper 5 cm) [kgm−3].

5.2 Drifting snow climate

To analyze the drifting snow climate of Antarctica, we use a regional atmospheric climate
model (RACMO2) with a horizontal resolution of ∼27 km, which is driven by ERA-Interim
Velds (1989-2009) at its lateral boundaries (Chapter 4). RACMO2 is coupled to a drifting snow
routine based on Déry and Yau (1999), such that the interaction between the atmosphere and
drifting snow (drifting snow sublimation is assumed to be the only source of latent heat during
drifting snow (Chapter 3) and the surface and drifting snow (following Gallée et al. (2001)) are
considered. In Chapter 4 we showed that the model is well able to simulate realistic near-
surface conditions and spatial distribution of ablation. In addition, they develop an empirical
relationship for fresh snow density in order to realistically simulate observed drifting snow
frequencies in Antarctica (Chapter 4). To analyze the impact of drifting snow on the SMB,
surface characteristics and atmosphere over Antarctica, we performed two simulations, one
with drifting snow activated (DRIFT) and one with drifting snow switched oU (NODRIFT).
Here, we show results of those model simulations for the period 1989-2009.

5.2.1 Wind and surface snow density

The near-surface wind speed and state of the snow surface (mainly density) determine the
likelihood of snow particles to be lifted by the wind. The mean 10 m wind speed and direction
as modeled by RACMO2 is presented in Figure 5.1A. Largest wind speeds are found in coastal
regions of East Antarctica, such as Adélie Land, with annual mean wind speeds >10 ms−1

(Turner et al. (2009)). In the interior ice sheet, owing to its katabatic nature, the wind is
persistently directed from the interior toward the coast, deWected to the left by the Coriolis
eUect (Parish and Bromwich (2007)). In the escarpment region, synoptic and katabatic forcing
are equally large, and over the Wat ice shelves synoptic forcing is the dominant cause of drifting
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Figure 5.2: Simulated mean annual (1989-2009) (A) drifting snow horizontal transport (Kt = kiloton =
106 kg) [Kt m−1 yr−1], (B) drifting snow frequency, deVned as the fraction of days with drifting snow
in the model (T Rds > 300 kgm−1 day−1) (C) drifting snow sublimation [mmw.e.yr−1] and (D) drifting
snow erosion [mmw.e.yr−1]. In (D) negative numbers indicate net accumulation. The region shown in
Figure 4 is indicated by the black box in (D). Dashed contours represent topography (500 m resolution).

snow events. The fresh snow density (Figure 5.1B) is empirically derived to match modeled
drifting snow frequencies with observations (Chapter 4). The annual mean value of resulting
surface snow density (Figure 5.1B) varies from∼300 kgm−3 on the cold East Antarctic Plateau
to ∼400 kgm−3 on some ice shelves where summer melting occurs.

5.2.2 Drifting snow variables

Figure 5.2 depicts the modeled annual mean horizontal transport of snow (5.2A), drifting snow
frequency (5.2B), drifting snow sublimation (5.2C) and drifting snow erosion (5.2D) for the pe-
riod 1989-2009. On the high Antarctic Plateau, modeled snow transport equals 0.1 Ktm−1 yr−1

or less. In the escarpment and coastal areas, snow transport generally exceeds 1 Ktm−1 yr−1

and reaches 10 Ktm−1 yr−1 in Adélie Land. In these areas, modeled drifting snow frequency
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Figure 5.3: Mean drifting snow sublimation (top) and horizontal transport (bottom) as a function of
mean 10 m wind speed (left), 2 m temperature (middle) and 2 m relative humidity (with respect to ice)
(right) for the period 1989-2009 at all ice sheet grid points (N∼16000)

exceeds 80% (Figure 5.2B). Generally, modeled drifting snow frequency in the coastal areas
varies between 30 and 80 % and peaks in areas with strong katabatic winds. Figure 5.3 illus-
trates that TRds and SUds are correlated in a non-linear fashion to 10 m wind speed, and peak
in regions with moderate near-surface temperatures (240-250 K) and relatively low 2 m relative
humidity (∼0.6-0.7). These regions represent the escarpment region of East Antarctica, where
katabatic winds are strong (>10 ms−1 ), generating drifting snow and entraining relatively
warm and dry air into the atmospheric boundary layer (ABL). At the same time, accumulation
in these regions is signiVcant and there is no melting, keeping surface snow density ρs and
the corresponding drifting snow threshold friction velocity (u∗,t) low. As the point clouds in
Figure 5.3 demonstrate, no simple relations between any of the parameters exist.

Drifting snow sublimation (Figure 5.2C) is smaller than 1 mmyr−1 in large parts of the interior
and increases to 50 mmyr−1 or more towards the coast. Largest SUds (>150 mmyr−1) values
are found in windy coastal regions, such as Victoria Land, Law Dome and Dronning Maud
Land. On the Ross and Filchner-Ronne ice shelves, low wind speeds generally lead to small
values of SUds. An exception is the southwestern part of the Ross ice shelf, where the Ross ice
shelf airstream (SteinhoU et al. (2009)) blows parallel to the Transantarctic Mountains. There
we Vnd SUds values up to 40 mmyr−1.

Modeled drifting snow erosion (Figure 5.2D) is only locally important. It is negligible on
the Antarctic Plateau, but its magnitude increases to 30 mmyr−1 or more at locations where
winds are strong and the wind Veld is strongly divergent/convergent. In these regions, areas
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Figure 5.4: Detail of mean 10 m wind speed (colors) and vector (A) and mean drifting snow erosion
(B) in Eastern Dronning Maud Land (70◦-75◦S, 5◦-50◦E, see Figure 2D)

.

with strong drifting snow erosion (ERds>0) are found next to locations with strong drifting
snow deposition (ERds<0), which indicates that ERds tends to reduce or enhance local SMB
gradients. Although our results show more spatial detail, the spatial patterns of drifting snow
erosion and their magnitude are very similar to those presented by Bromwich et al. (2004).
Owing to the relation between ERds and the divergence of the near-surface wind, ERds is
strongly coupled to topographic features that follows from the terrain-following nature of the
katabatic winds (Van den Broeke et al. (2002a)). Figure 5.4 zooms in on Dronning Maud Land
between 10 and 45◦E. Around 25◦E, a topographic ridge induces divergence of the katabatic
Wow direction and velocity (Figure 5.4A). Behind the ridge, the wind speed decreases. This
leads to net drifting snow erosion (∼20 mmyr−1) at the ridge and drifting snow deposition
(∼-10 mmyr−1) behind the ridge (Figure 5.4B). Similar phenomena are seen elsewhere on the
ice sheet. We expect these features be become even much more pronounced at higher model
resolutions.

5.2.3 Seasonal cycle

Figure 5.5A shows the mean seasonal cycle of SUds, averaged over the AIS. Drifting snow
sublimation peaks in late winter, with values ranging from 0.35 mmmo−1 in January to 1.2
mmmo−1 in September. During late summer and fall, SUds increases (January to May) and
remains relatively constant throughout the period May to November. The inter-annual vari-
ability of monthly SUds is higher in winter than in summer, due to enhanced variability in
wind speed and temperature in winter. For individual months, the year-to-year variability (in
terms of standard deviation) is around 30 %. However, the variability of annual mean SUds is
much smaller (6%, not shown). Apparently, the variability of SUds on monthly time scales is
substantial, but is greatly reduced when longer time scales are considered.
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Figure 5.5: Monthly mean (1989-2009) ice sheet-average drifting snow sublimation (A), surface sub-
limation (B) and total sublimation (SUtot=SUds+SUs, C) in DRIFT . (D) shows the diUerence between
SUtot in DRIFT and NODRIFT (SUs only) (all in [mmw.e.yr−1]). The shaded area represents twice the
standard deviation from the mean.

5.3 Interactions with the lower atmosphere

To analyze the impact of drifting snow on the SMB, surface characteristics and atmosphere
over Antarctica, we performed two simulations, one with drifting snow activated (DRIFT) and
one with drifting snow switched oU (NODRIFT). Figure 5.5B and 5.5C show surface (SUs) and
total sublimation (SUtot=SUds+SUs) in DRIFT. In contrast to SUds, SUs peaks in summer and
becomes slightly negative in winter, signifying net deposition (riming). SUs exceeds SUds only
in December and January (∼2 mm) and has comparable magnitude in February and November
(∼1 mm). Figure 5.5D indicates that total sublimation (SUstot) increases in DRIFT compared
to NODRIFT, throughout the year but especially in winter, when SUds is large; however, the
diUerence is smaller than SUds, because SUs is reduced in DRIFT. Previous studies conVrmed
this eUect (Mann et al. (2000), Bintanja (2001b), see Chapter 3), which is caused by the reduc-
tion of the vertical moisture gradient just above the surface when drifting snow occurs. This
limits SUs, but within that saturated layer also SUds, which thereby limits its own strength
(Mann et al. (2000)). Net water vapor deposition (negative SUs) occurs in winter in the DRIFT
simulation, while mean SUs in NODRIFT is positive. An explanation for this is that in winter
in the NODRIFT simulation, SUs is mainly signiVcant during windy conditions, making mean
SUs positive. In DRIFT, SUds takes over under windy conditions and SUs is only non-zero
during calm conditions, when deposition is promoted by the strong surface-based temperature
inversion, making SUs negative.
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Figure 5.6: Mean annual cycle (1989-2009) of 2 m temperature (T2m), 2 m relative humidity (RH2m),
latent heat Wux (LHF), sensible heat Wux (SHF), snow albedo, net shortwave radiation (SWnet ) and net
longwave radiation (LWnet ), the latter Vve evaluated at the surface. Fluxes are deVned as positive when
directed towards the surface. DRIFT is shown in the solid line and NODRIFT in dashed. The diUerences
between DRIFT and NODRIFT is shown in bars with scale on the right axis. The snow albedo is not
plotted in June, because the largest part of Antarctica receives no direct sunlight during that month.
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Figure 5.7: Daily mean (top to bottom) 2 m temperature, 2 m relative humidity with respect to ice, latent
heat Wux at the surface and snow albedo at 67◦S, 145◦E for the year 1993 (see Figure 5.2 for location).
Snow albedo is not plotted when downward shortwave radiation is zero (polar night).

To assess the impact of drifting snow on the atmospheric surface layer, Vgure 5.6 shows the
mean seasonal cycle of major surface layer variables for the NODRIFT (blue) and DRIFT (red)
simulations, averaged over the ice sheet. In both simulations, a pronounced annual cycle is
seen in all variables. The 2 m temperature varies from 250 K in summer to 230 K in winter.
Relative humidity (with respect to ice) is higher in winter, which reWects near-surface diabatic
cooling. The latent heat Wux is smaller than the sensible heat Wux, and negative (directed away
from the surface) throughout the year, while the sensible heat Wux is directed towards the sur-
face, mainly to compensate the negative LWnet (Van den Broeke (2005)). Snow albedo is high
in spring and autumn owing to a large zenith angle, but does not strongly inWuence the energy
budget during these seasons due to the small Wux of solar radiation. Typical for Antarctica is
the strongly negative longwave radiation balance, due to the cold and dry atmosphere and low
cloud cover. The minimum value of LWnet occurs in summer, when the surface is heated by
SWnet, enhancing longwave emission.

The diUerence between DRIFT and NODRIFT (bars) is also characterized by a seasonal cycle.
Sublimation is enhanced, especially in winter, when drifting snow sublimation peaks. This
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leads to an increase in RH2m of 1-5%. Another interesting result is the marked decrease in
snow albedo in DRIFT, signifying a signiVcant interaction of drifting snow with the surface
(see section 5.4). This is not relevant in winter due to the polar night, but in summer this
leads to increased net shortwave radiation and 2 m temperature (up to 1 K in December and
January). Secondary eUects include the decrease of sensible heat Wux and the enhanced energy
loss by longwave radiation.

Figure 5.8: Vertical proVles of (A) temperature, (B) speciVc humidity, (C) relative humidity with respect
to ice and (D) wind speed averaged for the year 2009 at 67◦S, 145◦E.

To analyze the interactions between drifting snow and the atmosphere in more detail, we
focus on a location where drifting snow is strong (Adélie Land, 67◦S, 145◦E, 297 m a.s.l., see
Figure 5.2). The annual mean snowfall is ∼600 mmyr−1 at this location, whereas drifting
snow sublimation is ∼125 mmyr−1. Surface sublimation is ∼50 mmyr−1, which indicates
that both SUds and SUs are signiVcant for the SMB at this location and that total sublimation
removes almost one third of the snowfall. Figure 5.7 presents the impact of drifting snow on
the near-surface atmospheric variables. Most distinctly, the latent heat Wux in DRIFT shows
large negative peaks in winter, which are related to drifting snow events. The largest events
lead to a daily mean LHF of ∼-60 Wm−2 (∼ 2 mm w.e.). Relative humidity increases in
winter due to the enhanced sublimation in DRIFT. Some peaks in relative humidity co-exist
in DRIFT and NODRIFT; these are related to low-pressure system passages, advecting warm
and moist air inland, raising temperature and humidity throughout the troposphere. The 2
m temperature diUerence is mainly driven by the feedback between the surface and drifting
snow sublimation. The latter exposes older snow at the surface, thereby increasing surface
snow grain size and lowering the corresponding snow albedo (see section 5.4). As a result,
SWnet is larger and Ts increases, which in turn leads to increased 2 m temperatures.

Through turbulent mixing, the water vapor that is released by SUds is transported vertically
into the atmospheric boundary layer and the lower troposphere. Figure 5.8 presents vertical
proVles of temperature and speciVc/relative humidity at this location. Unlike at the surface,
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Figure 5.9: Simulated snowfall (upper panel), drifting snow sublimation (middle panel), both in
[mmd−1], and surface snow density (upper 5 cm) [kgm−3] for the year 1993 at Neumayer (70◦40’S,
8◦16’E). Drifting snow observations are indicated by the dots in the middle panel.

drifting snow incurs cooling throughout the lower troposphere (below 750 hPa), accompanied
by an increase in speciVc humidity below 880 hPa, and a decrease above. The weakened
temperature inversion enhances the vertical transport of heat and moisture. The cooling above
the drifting snow layer is associated with the upward mixing of the air that was cooled closer to
the surface. In combination with vertical diUusion of moisture, this elevates relative humidity
occasionally above 80%, triggering the model precipitation scheme, removing moisture from
the free atmosphere and resulting in a drying above 880 hPa (see section 5). Wind speed is not
appreciably aUected by drifting snow, in contrast to earlier studies that assumed that cooling
of the near-surface air could enhance the katabatic winds (Kodama et al. (1985)).

5.4 Interactions with the surface

A critical parameter for drifting snow occurence is surface snow density (ρs). The average
model snow density of the upper 5 cm was shown in Figure 5.1B. Values higher than 400
kgm−3 are found on ice shelves, which experience melting in summer. This increases surface
snow density and prevents drifting snow to occur, which in part explains the strong annual
cycle of drifting snow sublimation and its minimum in summer (Figure 5.5). An example is
shown in Figure 5.9 for the year 1993 at the location of the German station Neumayer, situated
on the Ekström ice shelf. At Neumayer, weak melting occurs in summer, which increases ρs

to more than 500 kgm−3, in spite of regular accumulation events. Throughout the melting
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Figure 5.10: DiUerence of mean (1989-2009) snowfall [mm w.e.yr−1] between DRIFT and NODRIFT.

period (usually around 2-3 months), no drifting snow occurs in the model (SUds=0). At the
end of March, a strong accumulation event causes a lowering of ρs to around 350 kgm−3,
leading to the start of the drifting snow season. Drifting snow then occurs throughout the
winter period from April to November, when ρs Wuctuates around the fresh snow value, until
the melting period starts again in December. The drifting snow observations at Neumayer
(3-hourly, König-Langlo (2005)) suggest that this model behaviour is realistic: the occurrence
of drifting snow is much reduced in summer compared to winter. In the model, melt increases
the surface snow density, increasing the threshold for drifting snow to values > 1ms−1 . In
reality, this feedback may not be that strong, explaining the infrequent occurrence of drifting
snow in the observations.

5.5 Effect on surface mass balance

Because drifting snow removes mass from the surface by sublimation and redistributes it hor-
izontally by transport, it impacts the surface mass balance (SMB). RACMO2 reliably simulates
Antarctic SMB. No spatial pattern is detected in the SMB bias when a direct comparison is
made with ∼750 observations (Chapter 6), so a post-processing Vtting procedure, as used by
Van de Berg et al. (2006), is not needed. Averaged over the ice sheet (grounded part plus
ice shelves), drifting snow sublimation equals 11.7 ± 0.7 mmyr−1, equivalent to a total for
the ice sheet of 164 ± 10 Gtyr−1 (Table 5.1). Given a mean snowfall of 2696 ± 133 Gtyr−1,
SUds removes around 6% of the precipitated snow. The same fraction is found for the grounded
ice sheet, where SUds equals 143 ± 9 Gtyr−1 and snowfall 2244 ± 122 Gtyr−1.

Because the formation of large-scale precipitation in RACMO2 depends on relative humidity
(Tiedtke (1993), White (2001)), an interesting result is that the increase of relative humidity
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Table 5.1: Ice sheet-integrated values [Gt yr−1] of snowfall, drifting snow sublimation (SUds), surface
sublimation (SUs) and total sublimation (SUtot=SUds+SUs) for the DRIFT and NODRIFT simulations,
both for the total ice sheet (including ice shelves) and the grounded ice sheet (Grounded IS, grounding
line deVnition from Le Brocq et al. (2010)).

DRIFT NODRIFT

All in Gtyr−1 Including shelves Grounded IS Including shelves Grounded IS

Snowfall 2699 ± 135 2246 ± 123 2643 ± 126 2196 ± 117
SUds 164 ± 10 143 ± 9 - -
SUs 57 ± 6 34 ± 5 128 ± 10 89 ± 8

SUstot 221 ± 14 177 ± 12 128 ± 10 89 ± 8
ERds 5 ± 0.1 6 ± 0.2 - -

in the lower atmosphere owing to drifting snow (Figures 5.6 and 5.8) leads to an increase in
snowfall of 5-50 mmyr−1 in the coastal areas where drifting snow is most active (Figure 5.10).
The largest diUerences occur in regions where snowfall is abundant and the air is frequently
near saturation, such as coastal West Antarctica and high-accumulation areas in Adélie Land,
Wilkes Land and Enderby Land. Further over the ocean no clear patterns emerge.

Table 5.1 lists ice-sheet integrated values of SMB components for DRIFT and NODRIFT. Total
runoU is small in Antarctica (<5 Gtyr−1), because most meltwater and rain refreezes (Chapter
6). That is why with 164 ± 10 Gtyr−1, SUds clearly is the largest ablation term in Antarctica,
and almost three times larger than SUs. Due to moistening of the atmospheric surface layer,
drifting snow reduces surface sublimation compared to NODRIFT, but increases the total (sur-
face and drifting snow) sublimation (Van den Broeke et al. (2010)). This is conVrmed in Table
5.1: surface sublimation SUs approximately doubles, in NODRIFT compared to DRIFT, but
total sublimation SUtot increases by 73% for the ice sheet including ice shelves, and doubles
for the grounded ice sheet in DRIFT. Including drifting snow increases ablation by 93 Gtyr−1

for the total ice sheet and by 88 Gtyr−1 for the grounded ice sheet. The increase in snowfall
due to increased moisture content in the atmospheric boundary layer is around 50 Gtyr−1 per
year. Combining both eUects leads to an additional ablation of 43 Gtyr−1 for the total ice
sheet and 38 Gtyr−1 for the grounded ice sheet. Although important on the regional scale, the
contribution of ERds to the ice sheet-integrated surface mass balance is small (∼5 Gtyr−1).

5.6 Conclusions

This chapter presents the drifting snow climate of Antarctica, as obtained using a high-resolution
regional climate model coupled to a drifting snow routine based on the bulk drifting snow
model of Déry and Yau (1999). We found important feedbacks between the atmosphere, the
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surface and drifting snow. Drifting snow sublimation saturates and cools the near-surface air,
limiting its own strength. Moreover, drifting snow alters the local surface mass balance. Fi-
nally, drifting snow sublimation and erosion increase the surface snow density and therewith
the threshold wind velocity for drifting snow to occur. Surface sublimation and snowmelt peak
in summer (November - February), consolidating the upper snow layers and limiting drifting
snow sublimation, which peaks in winter (March - October).

Our model results suggest that, through interactions with the atmosphere and the surface,
drifting snow has a signiVcant impact on the Antarctic climate. Firstly, drifting snow sublima-
tion, by exposing older snow layers, lowers snow albedo. This increases summer (near-)surface
temperatures. Secondly, the humidity content of the near-surface air increases during drifting
snow sublimation. This surplus of moisture is transported upwards into the lower troposphere
and leads to increased snowfall in parts of coastal areas where the lower atmosphere is fre-
quently near saturation. Finally, the energy required for SUds also lowers temperatures in the
lower atmosphere.

The contribution of drifting snow sublimation to the Antarctic surface mass balance is signif-
icant: 164 ± 10 Gtyr−1 or 6% of the annual snowfall is removed by SUds, clearly the largest
surface ablation term in the Antarctic SMB. Surface sublimation is partly replaced by drifting
snow sublimation (50% reduction) but total sublimation almost doubles as a result of including
drifting snow. The modeled combined eUect of drifting snow sublimation and enhanced pre-
cipitation is a reduction in the Antarctic SMB of∼50 Gtyr−1, equivalent to∼2% of the annual
snowfall. The impact of drifting snow erosion is small when integrated over the ice sheet, but
locally it is signiVcant and may lead to ablation.

The current resolution of RACMO2 (27 km) is not suXcient to resolve in detail the wind Veld in
the rugged coastal areas, where conWuence and terrain strongly inWuence the wind Veld. The
results for these regions are probably not realistic. These results should therefore be perceived
as a Vrst attempt towards an Antarctic drifting snow climatology. A pilot study in which
RACMO2 is run at higher (5.5 km) resolution over Adélie Land is presented in Chapter 7.



6
Surface mass balance of the

Antarctic ice sheet

A new, high resolution (27 km) surface mass balance (SMB) map of the Antarctic ice sheet
is presented, based on output of a regional atmospheric climate model that includes snow-
drift physics and is forced by the most recent reanalysis data from the European Centre
for Medium-Range Weather Forecasts (ECMWF), ERA-Interim (1979-2010). The SMB map
conVrms high accumulation zones in the western Antarctic Peninsula (>1500 mmyr−1) and
coastal West Antarctica (>1000 mmyr−1), and shows low SMB values in large parts of the
interior ice sheet (<25 mmyr−1). The location and extent of ablation areas are modeled re-
alistically. The modeled SMB is in good agreement with ∼750 in-situ SMB measurements
(R=0.88), without a need for post-calibration. The average ice sheet-integrated SMB (includ-
ing ice shelves) is estimated at 2479 ± 147 Gt yr−1. Snowfall shows modest inter-annual
variability (σ=122 Gt yr−1), but a pronounced seasonal cycle (σ=32 Gt mo−1), with a win-
ter maximum. The main ablation process is drifting snow sublimation, which also peaks in
winter but with little inter-annual variability (σ=12 Gt yr−1).

This chapter is published as: Lenaerts, J. T. M., M. R. van den Broeke, W. J. van de Berg, E. Van Meijgaard,
and P. Kuipers Munneke (2012b), A new, high-resolution surface mass balance map of Antarctica (1979-2010) based
on regional atmospheric climate modeling, Geophys. Res. Lett., 39(L04501), doi: 10.1029/2011GL050713
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6.1 Introduction

Improving our knowledge of the surface mass balance (SMB) of the Antarctic Ice Sheet (AIS),
which has a volume equivalent to 56.6 m of sea level rise (IPCC AR4), is vital to improve
predictions of the future mass balance of the ice sheet and associated changes in global sea
level (Rignot et al. (2011a)). The SMB [mmw.e.yr−1] for a speciVc location on the ice sheet is
deVned as:

SMB =
∫

year
(PR−SUs−RU−ERds−SUds)dt (6.1)

where PR represents precipitation (snow and rain), SUs is surface sublimation, RU meltwater
runoU and ERds erosion by and SUds sublimation of drifting snow.

Previous estimates of the SMB of the Antarctic ice sheet (AIS) (Vaughan et al. (1999), Arthern
et al. (2006), Bromwich et al. (2004), Van de Berg et al. (2005)) revealed that precipitation
(mainly snowfall) decreases quickly from the coast towards the interior ice sheet, where desert
conditions prevail. High-accumulation zones (>1000 mm yr−1 ) were recently identiVed on
the western side of the Antarctic Peninsula (AP) and in coastal West Antarctica (Van den
Broeke et al. (2006a), Nicolas and Bromwich (2010)), with peak values in the AP in excess of
5000 mm yr−1 , equivalent to ∼15 m of snow per year. In these model studies, the processes
of drifting and blowing snow (hereafter referred to as drifting snow) have been neglected,
necessitating a calibration procedure to match model output with in-situ observations (Van
de Berg et al. (2006)). As shown in Chapter 5, neglecting drifting snow processes can lead
to signiVcant errors in the SMB on a local scale, where drifting snow erosion (ERds) can
become large, as well as a general SMB overestimation in coastal areas, where drifting snow
sublimation (SUds) removes 50-200 mm yr−1 of the precipitated snow.

In this study, we used the regional atmospheric climate model RACMO2 to simulate the SMB
of the AIS. This version of the model includes a drifting snow routine. In Chapter 4, we
showed that RACMO2 is capable of realistically simulating the near-surface temperature and
wind climate of the AIS. Moreover, surface snow densities have been Vtted, such that modeled
drifting snow frequencies agree with available observations. To better resolve the complex
topography and its impact on patterns of accumulation, wind and drifting snow, we used a
high horizontal resolution of 27 km. We performed a model integration for the period 1979-
2010 and forced the model at the lateral boundaries and ocean surface using ERA-Interim
Velds.

The model and an evaluation of the SMB are presented in section 6.2, and the SMB and the
spatial and temporal variability of its components are discussed in section 6.3, followed by
conclusions.
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Figure 6.1: Mean (1979-2010) surface mass balance [mmw.e.yr−1] as simulated by RACMO2 (contours)
and according to observations (markers). Note that on the seasonal sea-ice, SMB equals precipitation
(PR) minus surface sublimation (SUs) and on open ocean SMB = PR.

6.2 Methods

The regional atmospheric climate model RACMO2 (Van Meijgaard et al. (2008)) combines the
dynamics of HIRLAM (Undén et al. (2002)) with the physical processes as described in the
model of the European Centre for Medium-Range Forecasts (ECMWF) (cycle CY23R4, White
(2001)). To be able to capture the topographic complexity in some parts of the AIS, RACMO2
has a horizontal grid spacing of 27 km and 40 vertical levels. It is forced by ERA-Interim at
its lateral and ocean boundaries (Jan. 1979 - Dec. 2010), but is allowed to evolve freely in the
domain interior.

The model has been adapted to simulate conditions on the large ice sheets (Reijmer et al.
(2005)). A multilayer snow/ice scheme calculates melt, percolation, refreezing and runoU of
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meltwater (Ettema et al. (2010a)) and surface albedo, based on a prognostic scheme for snow
grain size (Kuipers Munneke et al. (2011)). It also includes a drifting snow routine to simulate
the interactions of drifting snow with the surface and the lower atmosphere (Chapter 4). We
refer the reader to Chapter 2 and 4 for more details on the model and simulation setup.

The model SMB values are compared with in-situ observations from various sources (Van de
Berg et al. (2006)). In several cases, the quality of observations is doubtful, depending on
the method used; we follow the approach of Genthon et al. (2009a) and remove accumulation
observations that are based on snow stratigraphy, natural 210Pb, stable isotope or chemical
markers, and all observations for which the method is unknown. Finally, we leave out ob-
servations located outside of the ice sheet mask of RACMO2, single-year measurements and
measurements for which the elevation diUerence with the model is larger than 100 m. As a re-
sult, we rejected 65% of the original 2128 measurements. We added several recent observations.
For instance, the Norwegian-US traverse from Troll to South Pole and back provided accumu-
lation measurements from the extremely dry (SMB<50 mm yr−1 ) interior of Dronning Maud
Land (Anschütz et al. (2009)). This leaves us with 745 reliable in-situ SMB estimates.

To account for the fact that the observations are not equally distributed over the ice sheet, we
follow the approach of Van de Berg et al. (2006): each observation is compared to RACMO2
by calculating a weighted average of the 4 surrounding grid points. Moreover, a weighting
factor is assigned to each observation, such that areas with dense observational coverage are
not overrepresented in the comparison.

6.3 Results

6.3.1 Spatial variability

Figure 6.1 shows the spatial distribution of modeled SMB. The large SMB gradient from the
interior towards the coast is well captured. Figure 6.2 conVrms that modeled SMB agrees well
with the in-situ observations. The correlation coeXcient equals 0.88, and the slope of the best
linear Vt equals 0.94. The relatively high horizontal resolution reveals patterns of longitudinal
SMB variability along the coast that are related to topographic features (Figure 6.1), which
enhance/limit precipitation on the upwind/downwind side. These features also lead to drifting
snow erosion where the near-surface wind pattern diverges, and snow deposition where the
Wow converges (Chapter 5). The presence of high-accumulation regions in the Antarctic Penin-
sula and coastal West Antarctica conVrms results from Van de Berg et al. (2006) and Van den
Broeke et al. (2006a), and recently observed extreme accumulation rates on Bruce Plateau (>1
m of snow per month, T. Scambos, pers. comm.). Using 20 km Polar-MM5 simulations, Nico-
las and Bromwich (2010) found similar high accumulation patterns in coastal West Antarctica
(>1500 mm yr−1 ). Furthermore, RACMO2 simulates very low SMB in the interior, which is
also conVrmed by the observations. However, the model appears to underestimate SMB in
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Figure 6.2: Observed versus modeled SMB [mmw.e.yr−1]. The black line represents the 1:1 line, and
the dashed-dotted line is the best linear Vt determined by the smallest perpendicular distance from each
model value to the observation.

the escarpment zone in Victoria Land and Adélie Land (70−90◦S, 135−160◦E). A possible
explanation is that the contribution of diamond dust to the SMB is not included in the model
or that cloud ice precipitates too quickly (Van de Berg et al. (2005)).

Our results indicate that around 0.5% of the area of the Antarctic ice sheet is subject to ablation
(SMB<0). This estimate is somewhat lower than the satellite-based estimate of Winther et al.
(2001) (0.8%), but clearly an improvement compared to a model run without drifting snow
(<0.1%). This suggests that drifting snow is an important factor in the formation of Antarctic
blue-ice (ablation) areas.

Values of ice-sheet integrated SMB are given in Table 8.2, and compared to earlier studies.
Both for the ice sheet including ice shelves and for the grounded ice sheet, our estimate agrees
within error bars of that of Van de Berg et al. (2006) and Bromwich et al. (2004). It is signif-
icantly higher than estimates that are based on satellite-guided interpolation of in-situ data
(Vaughan et al. (1999), Arthern et al. (2006)). This is mainly due to the higher model accumu-
lation rates in the coastal zones, features that have yet to be fully veriVed owing to a lack of
in-situ SMB observations.
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Figure 6.3: Time series of SMB components, integrated over the ice sheet including ice shelves, for the
period 1979-2010 [all in Gt yr−1]. Snowfall (black solid line) is shown on the left axis, together with the
SMB (bars), the other components are shown on the right axis.

Figure 6.4: Monthly mean [expressed in Gt per month] SMB components, integrated over the full ice
sheet. Snowfall (black solid line) is shown on the left axis, the other components are shown on the right
axis. The vertical bars represent +/- 1 temporal standard deviation based on the period 1979-2010. The
horizontal black line represents zero on the right axis.
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Table 6.1: Ice sheet-integrated SMB values [Gt yr−1], and comparison with earlier estimates. TotIS is
the total ice sheet (including ice shelves), GIS is the grounded ice sheet. The uncertainty calculation is
based on a model-to-data comparison (Rignot et al. (2008)). The SMB uncertainty is larger in this study
than in Van de Berg et al. (2006), because we have used fewer observations.

TotIS GIS

Total area [106km2] 13.93 12.33

This study 2479 ± 147 2034 ± 114
Van de Berg et al. (2006) 2521± 118 2076 ± 108
Arthern et al. (2006) 1768 ±49*
Bromwich et al. (2004) 2572±221
Vaughan et al. (1999) 2288 1811

* assuming the same area for the grounded ice sheet as in this study

6.3.2 Inter-annual variability

Figure 6.3 shows the 1979-2010 time series of annual mean SMB and its relevant components,
integrated over the full ice sheet. RunoU (not shown) is nearly zero in Antarctica, because most
of the meltwater refreezes. Rainfall and melt have been plotted instead. Drifting snow erosion
(not shown) is locally important, but small (∼10 Gtyr−1) when integrated over the ice sheet.
Inter-annual variability in snowfall is signiVcant: the wettest year in this period (1992) had
23% more snowfall than the driest year (1991). The inter-annual variability in SUds is small
(σ=12 Gtyr−1). Its magnitude exceeds that of snowmelt, except for 1992, when strong surface
melting occurred in the western Antarctic Peninsula and in coastal West Antarctica (Kuipers
Munneke et al. (2012)). SUs is also clearly smaller than SUds, which indicates that SUds is
the largest ablation term in the Antarctic SMB. Rainfall varies between 20 and 60 Gtyr−1, but
due to low temperatures in the snowpack, most of this refreezes instantly. The surface mass
balance variability follows to a great extent the inter-annual variation of snowfall.

6.3.3 Seasonal cycle

Figure 6.4 presents the average (1979-2010) annual cycle of the SMB components, integrated
over the full ice sheet. A signiVcant seasonal cycle is found in all SMB components. On
average, snowfall is largest in early winter (May) and smallest in summer. The maximum in
winter is related to increased cyclonic activity; the weak double maximum in winter may be
related to the semi-annual oscillation (Van den Broeke (1998)), although it is not signiVcant.
Inter-annual snowfall variability is similar for all months. Drifting snow sublimation varies
from ∼10 Gtmo−1 during the short summer (December and January) to ∼20 Gtmo−1 in mid-
winter. This annual cycle can be explained by the combined eUects of larger wind speeds in
winter and the occurrence of melt in summer, consolidating the surface snow and reducing
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the potential for drifting snow to occur (Chapter 5). Surface sublimation and melt are strongly
determined by surface temperature, and are only signiVcant in summer. The inter-annual
variability for monthly means of SUds, SUs and melt is small.

Figure 6.5: Simulated SMB trend [mm w.e. yr−2] in 1979-2010. In the non-dashed areas, the trend is
signiVcant at the 90% conVdence level.

6.3.4 Trend

Apart from a small negative trend (-0.79 Gtyr−2) in drifting snow sublimation, we found no
signiVcant trend in the 1979-2010 ice sheet integrated SMB components, which conVrms the
results from Monaghan et al. (2006). The estimated SMB trend, integrated over the ice sheet,
equals 0±2 Gtyr−2. However, we detect trends on a regional scale. The 32-year (1979-2010)
SMB trend is depicted in Figure 6.5. In coastal Adélie Land, a negative trend occurs (∼-2 to
∼-10 mmyr−2), whereas a positive, but insigniVcant trend is found on the western side of the
Antarctic Peninsula(∼2 to ∼15 mmyr−2). These trends are only locally signiVcant in Adélie
Land, where strong inter-annual and multi-annual variability is also observed (Agosta et al.
(2012)). Because ERA-Interim forces our model at its lateral boundaries, SMB trends from
ERA-Interim and RACMO2 are similar (Nicolas and Bromwich (2011)). These trends may be
assumed to be realistic, since ERA-Interim clearly outperforms other reanalyses concerning
Antarctica PR-E estimates (Nicolas and Bromwich (2011)).
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6.4 Conclusions

The regional atmospheric climate model RACMO2, with a new drifting snow routine, a hori-
zontal grid spacing of 27 km and forced by ERA-Interim (1979-2010), provides a realistic sim-
ulation of the surface mass balance of the Antarctic ice sheet. Without additional calibration,
the modeled SMB agrees very well with 750 in-situ SMB observations (R=0.88). The relatively
high horizontal resolution and the inclusion of drifting snow physics provide a realistic pat-
tern of ablation areas on the ice sheet. High accumulation values in the Antarctic Peninsula
(>1500 mm yr−1 ) and in coastal West Antarctica (>1000 mm yr−1 ) lead to a relatively high
ice sheet integrated surface mass balance, in support of recent studies that also used high-
resolution climate modeling (Bromwich et al. (2004), Van de Berg et al. (2006)). No trend in the
ice sheet-integrated SMB is found over the period 1979-2010, and only (insigniVcant) trends
exist regionally. Snowfall is characterized by strong inter-annual (σ=122 Gtyr−1) and intra-
annual variability (σ=32 Gtmo−1) . Drifting snow sublimation is the main ablation process
and shows little inter-annual variability (σ=12 Gtyr−1).





7
High-resolution modeling of wind
climate, drifting snow and SMB -

Adélie Land, East Antarctica

This paper presents the impact of model resolution on the simulated wind speed, drifting snow
climate and surface mass balance (SMB) of Adélie Land and surroundings, East Antarctica.
We compare regional climate model simulations at 27 km and 5.5 km resolution for the year
2009. The wind speed maxima in Adélie Land and the narrow glacial valleys of Victoria Land
are better represented at 5.5 km resolution, because topography is better resolved. Drifting
snow sublimation equals more than 100 mm yr−1 in regions with high wind speeds. Our
results indicate a strong feedback between topography, wind gradients and drifting snow ero-
sion. As a result, SMB shows much more local spatial variability at 5.5 km resolution that
is controlled by drifting snow erosion, whereas the large-scale SMB gradient is largely deter-
mined by precipitation. Drifting snow processes lead to ablation in the narrow glacial valleys
of Victoria Land. The integrated SMB equals 86 Gt. Although wind climate, drifting snow
processes and SMB variability are better represented at 5.5 km, the area-integrated SMB is
not signiVcantly diUerent between the simulations at 27 km and 5.5 km. In conclusion, a
horizontal resolution of 27 km is suXcient to realistically simulate ice-sheet wide SMB.

This chapter is published as: Lenaerts, J. T. M., M. R. Van den Broeke, C. Scarchilli, and C. Agosta (2012c), Impact
of model resolution on simulated wind, drifting snow and surface mass balance in Terre Adélie, East Antarctica, J.
Glaciol., 48(211), 821–829, doi: 10.3189/2012JoG12J020
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7.1 Introduction

East Antarctica is characterized by a long winter (>10 months) with extremely low temper-
atures and strong winds. Due to the temperature inversion near the surface and the sloping
topography of the ice sheet, intense and directionally constant katabatic winds develop, which
are accelerated in regions with conWuent topography (Parish and Bromwich (1987)). Due to its
extreme climate with probably the strongest near-surface winds on Earth, Adélie Land (Figure
7.1) and surroundings is an interesting target for scientiVc studies. Conversely, these extreme
conditions make it hard to perform in-situ measurements. Wendler et al. (1997) described 4
months of wind speed measurements (until the instruments broke during a storm) in coastal
Adélie Land (Cape Denison). These data conVrm that the highest annual mean wind speed
(19.1 ms−1), measured byMawson (1915) and corrected by Loewe (1972), occurs here. Wendler
et al. (1997) also found that the spatial variability is large on scales of tens of km, owing to
rough topography with alternating valleys and ridges: for instance, the annual mean wind
speed at the French station Dumont d’Urville (situated 120 km west of Cape Denison on a
small island 2 km oUshore) is only 9.5 ms−1.

Topography in Antarctica not only strongly controls the wind climate, but also the spatial
variability of snow accumulation, sublimation and erosion, which are all components of the
surface mass balance (SMB). Most importantly, SMB strongly decreases from the coast to the
Antarctic plateau, but it also varies on much smaller scales (Van de Berg et al. (2006), Agosta
et al. (2012)). The SMB at a speciVc location (SMB, mm (w.e.) yr−1 or kg m−2 yr−1) is deVned
as:

SMB =
∫

1yr
(PR−SUs−RU−ERds−SUds)dt (7.1)

where PR is precipitation (snow and rain), SUs is surface sublimation, RU is runoU from rain-
fall, snow and ice melt, and ERds and SUds represent drifting snow erosion and sublimation,
respectively. Due to low temperatures, signiVcant rainfall and runoU do not occur in East
Antarctica and SUs is small. Snowfall is generally low; as a result, most of the East Antarctic
plateau has an annual surface mass balance (SMB) lower than 50 mmw.e.yr−1 (Chapter 6),
increasing to typically 200-500 mm yr−1 in the coastal regions. Because of the dry climate,
drifting snow sublimation (SUds) and erosion (ERds) may remove a signiVcant part of the ac-
cumulated snow (Frezzotti et al. (2004)), and may even lead to ablation (SMB<0) in the driest
and windiest regions (Bintanja (1999), Van den Broeke et al. (2006c), Genthon et al. (2007)).
Remote-sensed observations show that drifting snow events occur frequently in East Antarc-
tica (Mahesh et al. (2003)), evidenced by the presence of large-scale snow ’billows’ and dunes
after these events (Scarchilli et al. (2010)). Moreover, during strong events, drifting snow lay-
ers may become as deep as 200 m or deeper (Palm et al. (2011)) . Therefore, it is essential to
include drifting snow physics when we simulate the East Antarctic climate and surface mass
balance (Gallée et al. (2005), Frezzotti et al. (2002), Frezzotti et al. (2007), Scarchilli et al. (2010),
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Agosta et al. (2012)).

Because of the impact of topography, many atmospheric processes occur on scales smaller than
the typical horizontal resolution of atmospheric or climate models. In Antarctica, the spatial
variability of precipitation is largely determined by topography (Bromwich (1988)), because
of the dominant contribution of orographic precipitation. This enhances precipitation on the
windward side of topographic features. Topography is smoothed as grid size increases, and as
a result, SMB becomes a function of a model’s horizontal resolution (Genthon et al. (2009b)).
The slope in topography also determines the strength of the katabatic wind and resulting drift-
ing snow. Snowdrift erosion (ERds) represents the horizontal divergence of the wind transport
of snow (ERds, see Chapter 4), and strongly depends on spatial variations in wind speed. In
Chapter 4, we demonstrated that at a horizontal resolution of 27 km, ERds is only signiVcant
(>10 mm yr−1) on a regional scale, but we expect its importance to become more pronounced
at higher resolution. An example is the presence of so-called megadunes, that is typical to inte-
rior East Antarctica. Megadunes have a typical wavelength of 5-10 km and their development
is presumably related to small-scale variations in wind speed (Fahnestock et al. (2000), Frezzotti
et al. (2002)). In this study, we discuss the impact of horizontal resolution on the representation
of the wind climate and SMB of eastern East Antarctica (135−180◦E), including Adélie Land,
Victoria Land and the largest part of Wilkes Land. We run the regional atmospheric climate
model RACMO2 for 1 year (2009) at high horizontal resolution (5.5 km). We compare the wind
climate, drifting snow climate and surface mass balance with the output of the previous run
with the same model version at 27 km (Chapter 6), and evaluate the diUerences using available
observations.

7.2 Methods

7.2.1 Numerical setup

For the purpose of this study we use the Regional Atmospheric Climate MOdel version 2.1
(RACMO2). RACMO2 combines the dynamical processes of HIRLAM (Undén et al. (2002))
with the physical parameterizations from the ECMWF model (European Centre for Medium-
Range Weather Forecast model Cycle 23r1, White (2001)). The latest version contains a multi-
layer snow model (Ettema et al. (2009)), a snow grain size-based snow albedo scheme (Kuipers
Munneke et al. (2011)). Additionally, a drifting snow routine is included in RACMO2, which
is based on the bulk drifting snow routine from Déry and Yau (1999). The routine uses wind
speed, temperature and speciVc humidity at the lowest model level (∼7 m) to calculate drifting
snow sublimation (SUds) and transport (TRds). Assuming that it is the only source of latent
heat during drifting snow, the eUect of SUds on the near-surface atmosphere is explicitly
included in RACMO2. Moreover, both SUds and ERds are included as explicit terms in the
surface mass balance scheme of RACMO2 (Equation 1). By removing or depositing mass from
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Figure 7.1: Overview of model domain. Model topography is shown in colors, with scale ranging from
0 to 4000 m a.s.l... The position of the model domain on the Antarctic ice sheet is indicated in the inset
on the lower right. The location of the AWS stations used for wind speed evaluation (Number 1 to 11,
Figure 7.3) and their names are also given, together with the location of Talos Dome (see Figure 7.5).

the top snow layer, both processes can impact its density, which in turn limits the potential
for drifting snow (Chapter 4). Chapter 2 and 4 of this thesis provide additional details of
the numerical setup and a detailed evaluation of the near-surface climate and drifting snow
characteristics. Among other things, they show that the model, with a horizontal resolution of
27 km, is able to realistically simulate near-surface climate (Chapter 5) and SMB (Chapter 6)
of the Antarctic ice sheet, without need for post-calibration.

Here we further increase the horizontal resolution of RACMO2, from 27 km (RACMO/27 here-
after) to 5.5 km (RACMO/5.5 hereafter), to better resolve the complex topography of East
Antarctica and related interactions with the atmosphere. The model domain encompasses the
eastern part of East Antarctica (see Figure 7.1). The lateral boundaries are chosen to mini-
mize crossing distinct topography. The atmospheric Velds at these boundaries are provided by
RACMO2 at 27 km resolution, such that the eUect of downscaling the atmospheric Velds at the
lateral boundaries remains small. Sea-ice extent and sea surface temperature are prescribed
from ERA-Interim reanalysis data (Dee et al. (2011)). Because of the exploratory nature of this
work and the high computational cost, we decided to run the model for a single year (2009).
The snowpack is initialized with data from 1 January 2009 from RACMO/27. Model elevation
in RACMO2 is constant, which is a reasonable assumption considering the temporal scale (1
year) of this study.
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Figure 7.2: Modeled annual mean (2009) 10 m wind speed (contours) and direction (arrows) in
RACMO/5.5 (left) and RACMO/27 (right). The locations of the four AWS stations used in Figure 7.4a-d
are indicated by their corresponding letter (a-d).

Figure 7.3: Modeled mean (2009) versus observed (mean of instrumental record, Sanz Rodrigo (2011))
10 m wind speed in RACMO/5.5 (dots) and RACMO/27 (triangles), located in Victoria Land (red) and
Adélie Land (blue). The RACMO wind speeds are weighted averages of the four grid points surrounding
the location of the AWS. Only AWS stations with mean observed 10 wind speed > 9 ms−1 are shown.
Their locations and names are shown in Figure 1.
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7.2.2 Observational data

The near-surface climate of East-Antarctica is monitored by diUerent Automatic Weather Sta-
tions (AWS), which sample wind speed and direction at 3 or 10 m above the surface on hourly
or sub-hourly resolution. Here we evaluate the model results for the AWS stations which are
located in rough topography and with high wind speeds (>9 m s−1 ). Figure 7.1 shows the
locations and names of these stations. All wind speed data are converted to a standard height
of 10 m (Sanz Rodrigo (2011)).

At daily resolution, the modeled wind speed is compared with observational data from Larsen
Glacier ((a), 75◦S, 161◦E, 1350 m a.s.l.), Sitry ((b), 72◦S, 149◦E, 2094 m a.s.l), Priestley Glacier
((c), 74◦S, 162◦E, 1923 m a.s.l.) and David Glacier ((d) 76◦S, 159◦E, 1552 a.s.l) AWS’s (see Fig-
ure 7.2 for locations), obtained from the Meteo Climatological Observatory of PNRA (http://
www.climantartide.it). The Vrst two stations are situated in the convergence slope/coastal
areas of Northern Victoria Land, whereas the latter two are located on the East Antarctic
Plateau (Figure 7.1).

Drifting snow measurements are sampled at the Talos Dome TALDICE drilling site (72◦S,
159◦E, 2315 m a.s.l.; http://www.taldice.org). See Figure 7.1 for the location of Talos
Dome. Measurements are obtained with FlowCaptTM driftometer sensors produced by ISAW
Outdoor Environmental Monitoring (Chritin et al. (1999)). The instrument is composed of four
sensors: two of these are place 0.2 m above the snow surface and the other two 1 m above the
surface. These instruments provide inaccurate estimates of the snow transport Wuxes (Cierco
et al. (2007)), but do provide a realistic estimate of the occurrence of drifting snow.

Modeled SMB is compared with observations described in Agosta et al. (2012). The observa-
tions originate from a ∼150 km long stakeline that runs from the coast of Adélie Land to the
south-west (0-1800 m a.s.l.). Comparing RACMO to these observations can be regarded as a
stringent test for model performance, because the stakeline covers the strong SMB gradient
between the relatively mild and windy coastal climate and drier and calmer conditions inland
at high spatial resolution (100 data points).

7.3 Results

7.3.1 Wind climate

Figure 7.2 compares annual mean 10 m wind speed of RACMO/27 with RACMO/5.5. Although
RACMO/5.5 obviously shows much more detail, the regional patterns are similar. We Vnd
four areas of strong (>14 m s−1) winds: (a) three over outlet glaciers (Byrd, Mulock and
Reeves/David glaciers) in the Transantarctic mountains, with several jets above 10 ms−1, and
(b) one in coastal Adélie Land, with a maximum wind speed of 16 ms−1 at∼69◦S, 143◦E, 1100
m a.s.l. On the smaller scale, the RACMO/5.5 wind Veld shows distinct features. Maximum

http://www.climantartide.it
http://www.climantartide.it
http://www.taldice.org
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Figure 7.4: Modeled daily mean (2009) versus observed (black dots) 10 m wind speed in RACMO/5.5
(red) and RACMO/27 (blue). The RACMO2 wind speeds are weighted averages of the four grid points
surrounding the location of the AWS. The locations of the AWS stations are shown in Figure 7.2. Note
that there are signiVcant gaps in the observational data for all stations.

Figure 7.5: Modeled and observed drifting snow occurrence (markers) at Talos Dome (see text for
details) during the period May to August 2009, and modeled horizontal snow transport (TRds) during
that period (red bars). The location of Talos Dome is shown in Figure 7.1.
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wind speeds are higher and occur closer to the grounding line. Relatively narrow (< 20 km)
glacial valleys, in which the katabatic wind speeds converge and accelerate, are much better
resolved at 5.5 km. In our simulation the strongest winds are found in the glacial valley of
Reeves glacier, with a maximum wind speed of 20.5 ms−1, and -to a lesser extent- David
glacier near the Italian base (Mario Zuchelli) in Terra Nova Bay (∼75◦S, 163◦E) and Byrd
Glacier (81◦S, 158◦E). The occurrence of these maxima is supported by results of Bromwich
et al. (1990), who showed that Reeves glacier is the primary route for katabatic winds, and
David glacier is an important secondary outWow valley.

In Chapter 4, we showed that RACMO/27 underestimates high wind speeds in regions with
complex topography. Figure 7.3 illustrates that in these regions, wind speeds in RACMO/5.5
agree better with observations. The R.M.S.E. decreases from 5.7 m s−1 to 3.6 m s−1 and the
mean bias between model and observations drops from -4.3 m s−1 to -1.4 m s−1. Nonetheless,
the extreme wind speeds (>15 m s−1) in Adélie Land remain underestimated.

Figure 7.3 only shows long-term mean near-surface wind speeds. Drifting snow processes,
however, are usually connected to short-lived wind speed maxima. To evaluate the model
results at higher temporal resolution, Figure 7.4 shows the daily mean 10 m wind speed from
RACMO/5.5, RACMO/27 and from available AWS observations. Due to limited temporal cov-
erage and large gaps in the data, these AWS stations are not included in Figure 7.3. At daily
resolution, RACMO/5.5 shows clearly higher maximal wind speeds than RACMO/27 at all sta-
tions, except for AWS Irene (b), where topography is smooth and the model agrees very well
with the observations, even at 27 km resolution. The other 3 stations are known to be major
conWuence areas, where the katabatic wind speeds accelerate due to the convex shape of the
glacier valley (Bromwich et al. (2000)). At Larsen Glacier, the modeled timing and frequency
of wind speed maxima agree very well with the observations, whereas at Priestley and David
Glacier, observed wind speed maxima remain largely underestimated, also by RACMO/5.5.
The intense local katabatic Wow at these locations is likely driven by topographic features at
scales smaller than the model resolution of 5.5 km, which was also reported by Scarchilli et al.
(2010).

7.3.2 Drifting snow

Figure 7.5 presents a comparison of observed and modeled occurrence of drifting snow at Talos
Dome during the winter of 2009. This site is characterized by a cold and windy climate: the
modeled mean air temperature of the period shown is 229 K and the average near-surface wind
speed equals 8.5 m s−1 during the period shown in Figure 7.5 (May-August 2009). Figure 7.5
shows that drifting snow occurs frequently at Talos Dome. The model simulates a drifting
snow frequency of 58%, whereas the observations indicate that on 67% of the days drifting
snow occurs. The model agrees with the observations on the timing and duration of especially
the strongest drifting snow events, whereas some weaker events are not picked up or their
duration is underestimated (for example the long event at the end of May is not modeled). In
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total, 59% of the observed events are also modeled, whereas 30% of the modeled events are
false detections. Unfortunately, no reliable drifting snow transport observations are available
for comparison. This illustrates the need for more detailed in-situ observations of drifting
snow.

Figure 7.6: Total SUds (A) and ERds (B) in 2009 [mm] as modeled by RACMO/5.5. The location of the
transect shown in Figure 7.7 is given by the thick black line.

In Chapter 5, we discussed the drifting snow climate of Antarctica as simulated in RACMO/27.
They found SUds values up to 150 mm yr−1 in coastal areas of East Antarctica. Because of
the underestimation of the highest wind speeds in RACMO/27 (Figure 7.3), a problem that
is greatly reduced at higher horizontal resolution (Figure 7.3), higher SUds (Figure 7.6a) and
transport (not shown) are simulated in RACMO/5.5. SUds exceeds 70 mm in large parts of
coastal Adélie Land, with peak values larger than 300 mm yr−1. Similar values are found in
the glacial valleys in Victoria Land where katabatic outWow is strongest (Figure 7.2).
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Drifting snow erosion (ERds) represents the divergence of horizontal snow transport (TRds).
From a modeling perspective, this implies that ERds is largely determined by how well the
topography is resolved, i.e. by the horizontal grid size. Figure 7.6b presents ERds for 2009.
On the model grid, ERds shows large variability, ranging from -100 to +100 mm in 2009. In
RACMO/27 we Vnd only small values of ERds (Chapter 5). In order to analyze these diUerences
in more detail, we focus on a horizontal cross section through an area with strong variability
in drifting snow erosion (70−72◦S, 148.5◦E, see Figure 7.6b for location). Along the transect,
the elevation decreases from 2120 m to 1550 m a.s.l (Figure 7.7a). The elevation in RACMO is
derived from the 5 km resolution RAMP DEM (Liu et al. (2001)), whereas Figure 7.7a shows the
most recent Antarctic DEM (Bamber et al. (2009)) at 1 km resolution. For unknown reasons, the
elevation in the RAMP DEM in this region is signiVcantly oUset by∼60 m in comparison with
the DEM of Bamber et al. (2009). From the various elevation datasets, we derived the slope as
represented in RACMO/27, RACMO5.5 and the 1 km DEM (Figure 7.7b). In all cases, the slope
magnitude increases along the transect. The slope in RACMO/5.5 shows larger variability than
RACMO/27, but has in turn smaller variability than the 1 km DEM. This implies that important
subgrid topographical variability exists that is not resolved by the two regional climate models.
Although smoothened, RACMO/5.5 captures the spatial variability in slope relatively well.

Along the transect, 10 m wind speed variations (Figure 7.7c) are strongly correlated to the
slope, a feature not resolved at 27 km resolution. This has profound impact on the spatial vari-
ations in drifting snow erosion (Figure 7.7d). Whereas ERds is not signiVcant in RACMO/27,
ERds values of -60 to +90 mm yr−1 are found in RACMO/5.5. Generally, ERds is most nega-
tive (positive) just before the strongest wind speed acceleration (deceleration). This illustrates
the tight coupling between surface slope, wind speed and drifting snow processes (and their
impact on surface mass balance) in katabatic wind regions.

7.3.3 Surface mass balance

Figure 7.8 compares the observed and modeled SMB along the stakeline, whose location is
shown by ’S’ in Figure 7.9. RACMO/5.5 performs better compared to RACMO/27, although
SMB remains overestimated close to the coast. The strong SMB decrease between 30 and 90
km from the coast is better represented at 5.5 km resolution. The mean SMB bias is largely
reduced from +222 mm yr−1 (63%) to -12 mm yr−1 (3%), which has a twofold reason; Vrstly,
SUds increases with∼100 mm, a direct result of higher, more realistic near-surface wind speeds
in RACMO/5.5. Secondly, snowfall is clearly reduced at 5.5 km (Figure 7.9), because topog-
raphy is better represented, inducing more snowfall on the upwind side of the ridges (around
145◦E, Figure 7.1) and less snowfall behind these features. It is likely that drifting snow pro-
cesses are even more important in the coastal regions than modeled by RACMO/5.5. Genthon
et al. (2007) described the characteristics of the blue-ice area that is located just oU the coast,
and concluded that - in ablation years, such as 2009 - SUds and ERds remove all accumulated
snow due to the local shape and/or steeper slope of the blue-ice area. This would suggest
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Figure 7.7: Horizontal cross-section through Adélie Land (see Figure 7.6 for location) of (A) surface
elevation, (B) total surface slope in the 1 km DEM (Bamber et al. (2009)), RACMO/5.5 and RACMO/27,
(C) 10 m wind speed and (D) ERds in 2009 from RACMO/5.5 and RACMO/27.

that ERds due to model resolution is still poorly represented by RACMO/5.5 in this region,
since it produces a net convergence of snow in response to weaker winds just before the ice
sheet-ocean interface (Figure 7.8).

In Chapter 6, we presented the modeled SMB from RACMO/27, and found excellent agreement
between modeled and observed SMB. However, they found a negative bias in RACMO/27 in
northern Victoria Land that may be attributed to clear-sky precipitation that is not simulated.
A similar SMB underestimation is found in RACMO/5.5: comparing to the GPR observations
from Frezzotti et al. (2007) near Talos Dome, the modeled SMB is ∼30 mm yr−1, whereas
the stakes suggest an annual SMB of ∼90 mm. In the near future, an improved precipitation
scheme will be included in RACMO that will likely decrease this bias.

Figure 7.9 compares the 2009 SMB in RACMO/5.5 and RACMO/27. The large-scale patterns
are again similar. Obviously, the spatial variability is larger in RACMO/5.5. Along the coast of
Adélie Land we Vnd high SMB values (> 1000 mm yr−1 in RACMO/5.5) on the eastern facing
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Figure 7.8: Surface mass balance in 2009 [mm] measured by stakes (Agosta et al. (2012)) and modeled
by RACMO/5.5 (dashed) and RACMO/27 (dotted). The spatial resolution is 5.5 km, and the modeled data
are weighted averages of the 4 surrounding grid points. The vertical dashed bars represent one spatial
standard deviation of the observations in both directions.

(upwind) topographic ridges, whereas SMB is much lower on the lee sides (< 500 mm yr−1

in RACMO/5.5). Even larger gradients (> 1500 mm) are modeled along the northern coast
of Victoria Land (around 72◦S, 170◦E). This large-scale variability is explained by the strong
control of topography on precipitation.

Negative surface mass balance (ablation) is found in large parts of Victoria Land in both sim-
ulations. This ablation area is more widespread and patchy in RACMO/5.5, a result of the
large spatial variations in drifting snow erosion. Regions with similarly alternating patterns of
accumulation (SMB>0) and ablation (SMB<0) occur where ERds strongly varies (Figure 7.6b).
These patterns have a typical wavelength of ∼ 10-20 km, and are aligned perpendicular to the
prevailing wind direction. They represent the steady-state interaction of topography with the
atmosphere, as snow converges in front of a dune and is eroded and sublimated away behind
it.

Table 1 presents the spatially integrated SMB and its components. Although the SMB diUer-
ence between RACMO/5.5 and RACMO/27 is locally large, we Vnd no signiVcant change in
domain-integrated SMB: it decreases from 90 to 86 Gt in 2009. SUds is the only SMB com-
ponent that signiVcantly increases due to increasing horizontal resolution. In RACMO/27 it



7. Wind, drifting snow and SMB in Adélie Land 101

Figure 7.9: Surface mass balance in 2009 [mm] as modeled by RACMO/5.5 (left) and RACMO/27
(right). Note that the 5.5 km resolution coastline and topography is shown in both plots. The location of
the stakeline (’S’) is also shown in both plots.

equals 14% of the snowfall, and this increases to 21% of the snowfall at 5.5 km resolution. In
contrast, SUs decreases with 50% in RACMO5.5. The integrated ERds remains negligible (<1
Gt) at higher horizontal resolution.

Ablation also occurs in large glacial valleys (Figure 7.9), where modeled near-surface wind
speeds are high (Figure 7.2). In these valleys, drifting snow processes are key components of
the SMB. Figure 7.10 shows the SMB and its components along a transect that approximately
follows the centerline of Byrd glacier, whose surface largely consists of blue ice. Figure 7.10b
reveals that along the narrow part of the glacial valley, which is∼20 kmwide and∼75 km long
(Stearns et al. (2008), Figure 7.10a), drifting snow erosion (ERds) quickly increases from -300 to
+200 mm as a result of acceleration of the near-surface Wow. In the same area, SUds increases
to peak values larger than 300 mm. This results in a clearly negative SMB (<-100 mm) along
the whole narrow part of the glacial valley. At ∼162◦E, where Byrd glacier terminates into
the Ross ice shelf, near-surface wind speed decreases and SMB turns positive again. At 27 km
resolution (Figure 7.11), these small-scale features are not represented. Stearns (2011) pointed
out that earlier estimates (e.g. Van de Berg et al. (2006)) overestimate SMB in the Byrd glacier
catchment. Our results suggest that the inclusion of ERds and SUds, along with the higher
resolution in RACMO/5.5, leads to a lower, more realistic SMB for this region.

7.4 Conclusions

This paper describes the impact of model resolution on the simulated wind climate, drifting
snow and the surface mass balance (SMB) of Adélie Land (East Antarctica) and surroundings.
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Figure 7.10: SMB from RACMO/5.5 along Byrd glacier. (A) colors: SMB and location of the transect,
black lines: height contours at 500 m resolution; (B) SMB and its components along the transect.

Figure 7.11: SMB from RACMO/27 along Byrd glacier. (A) colors: SMB and location of the transect,
black lines: height contours at 500 m resolution; (B) SMB and its components along the transect.



7. Wind, drifting snow and SMB in Adélie Land 103

Table 7.1: Domain integrated values [Gt] for the year 2009 of snowfall, rainfall, melt, runoU, refreezing,
drifting snow sublimation (SUds), surface sublimation (SUs), total sublimation (SUtot=SUds+SUs) and
surface mass balance (SMB) for the RACMO/5.5 and RACMO/27 simulations.

RACMO/5.5 RACMO/27

All in Gt

Snowfall 109.6 109.4
Rain 1.6 0.5
Melt 0.9 1.1
RunoU 0 0

Refreezing 2.4 1.6

SUds 22.5 15.1
SUs 2.3 4.5
SUtot 24.8 19.6
ERds 0.7 0.6

SMB 85.7 89.7

For this purpose, we used single-year (2009) output of a regional atmospheric climate model
at high horizontal resolution (5.5 km) and compared this to earlier results at 27 km resolution.
Because the topography is much better resolved at 5.5 km, the impact on the simulated climate
is signiVcant. Firstly, the near-surface wind speeds are in better agreement with observations
in areas with rough topography. We Vnd the strongest annual mean near-surface winds in
coastal Adélie Land (16 m s−1) and especially in the narrow glacial valleys in Victoria Land
(Byrd, Mulock and David glaciers, up to 20 m s−1). Horizontal variations in slope magnitude,
which are partly resolved at 5.5 km but not at 27 km, result in horizontal wind speed gradients,
which in turn lead to strong variability (-100 to +100 mm) of modeled drifting snow erosion
(ERds). SUds is mainly dependent on wind speed, and is therefore signiVcant in large parts
of coastal Adélie Land (>100 mm) and along the fast-Wowing part of the large East Antarctic
glaciers that terminate into the Ross ice shelf or Ross sea.

SMB variability is largely determined by topography, on the large scale (where orographic
precipitation is the dominant mechanism), as well as on model grid scale, where we Vnd alter-
nating patterns of ablation (SMB<0) and accumulation (SMB>0) that are controlled by ERds.
Due to the high wind speeds, drifting snow (ERds and SUds) also leads to ablation in nar-
row glacier valleys that connect the East Antarctic ice sheet with the Ross ice shelf/sea. We
compared modeled SMB with observations along a stakeline in Adélie Land. Although SMB
is overestimated at the coast and underestimated further inland, the spatial variability is well
represented and mean SMB bias along the stakeline is largely reduced at 5.5 km (3%) com-
pared to 27 km (63%). The spatially integrated SMB is estimated at 86 Gt for 2009, and is not
signiVcantly aUected by the horizontal resolution.





8
Drifting snow climate of the

Greenland ice sheet

This paper presents the drifting snow climate of the Greenland ice sheet, using output from
a high-resolution (∼11 km) regional climate model. Because reliable direct observations of
drifting snow do not exist, we evaluate the modeled near-surface climate instead, using Auto-
matic Weather Station (AWS) observations from the K-transect and Vnd that RACMO2 realis-
tically simulates near-surface wind speed and relative humidity, two variables that are impor-
tant for drifting snow. Integrated over the ice sheet, drifting snow sublimation (SUds) equals
24±3Gt yr−1, and is signiVcantly larger than surface sublimation (SU s, 16±2Gt yr−1). SUds

strongly varies between seasons, and is only important in winter, when surface sublimation
and runoU are small. A rapid transition exists between the winter season, when snowfall and
SUds are important, and the summer season, when snowmelt is signiVcant, which increases
surface snow density and thereby limits drifting snow processes. Drifting snow erosion (ERds)
is only important on a regional scale. In recent decades, following decreasing wind speed and
rising near-surface temperatures, SUds exhibits a negative trend (0.1±0.1Gt yr−1), which is
compensated by an increase in SUs of similar magnitude.

This chapter is published as: Lenaerts, J. T. M., M. R. van den Broeke, J. H. van Angelen, E. van Meijgaard,
and S. J. Déry (2012d), Drifting snow climate of the Greenland ice sheet: a study with a regional climate model, The
Cryosphere, 6(4), 891–899, doi: 10.5194/tcd-6-1611-2012
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8.1 Introduction

The Greenland ice sheet (GrIS) is the largest body of ice in the Northern Hemisphere, contain-
ing approximately 7m sea level equivalent (IPCC AR4). In the last two decades, numerous
Greenland outlet glaciers have accelerated and surface mass balance (SMB) has declined (Rig-
not et al. (2011a))), both contributing about equally to recent Greenland mass loss (Van den
Broeke et al. (2009)). The volume loss of outlet glaciers may be primarily related to oceanic
warming (Holland et al. (2008)), but the interaction between ocean and outlet glaciers is com-
plex (Nick et al. (2009), Straneo et al. (2011)). At the same time, Greenland experienced signif-
icant atmospheric warming in the recent two decades (Box and Cohen (2006)), increasing sur-
face meltwater production and subsequent runoU (Ettema et al. (2009)), extending the length
of the melt season (Fettweis et al. (2011)) and triggering the melt-albedo feedback (Tedesco
et al. (2010)).

To assess the surface mass balance (SMB) of the GrIS, regional climate models are useful tools.
In the SMB of the GrIS, precipitation (PR) is the main source of mass, whereas mass is lost by
surface (SUs) and drifting snow (SUds) sublimation, drifting snow erosion (ERds) and melt-
water runoU (RU). ERds is deVned as the horizontal divergence of the snow transport (TRds).
Until now, drifting snow processes have usually been neglected in GrIS SMB studies (Fettweis
(2007), Hanna et al. (2005), Ettema et al. (2009)). On the Antarctic ice sheet, drifting snow sub-
limation (SUds) is an important ablation term in dry and windy areas and ERds redistributes
snow on a local to regional scale (see Chapter 5). Several studies estimated SUds for Greenland
(Déry and Yau (2002), Box et al. (2006)) and ERds (Déry and Yau (2002)), using parameteri-
zations based on wind speed (Déry and Yau (1999)), neglecting feedbacks to the overlying
atmosphere and the snow surface, which are known to be important (Bintanja (2001b), Gallée
et al. (2001)).

Here we present the drifting snow climate (1960–2011) of the Greenland ice sheet using a re-
gional atmospheric climate model (RACMO2) at relatively high horizontal resolution (11km).
RACMO2 includes an interactive drifting snow routine (Chapter 2). We discuss the spatial and
temporal variability of SUds and ERds and their impact on the SMB of the GrIS.

8.2 Methods

8.2.1 Numerical setup

The Regional Atmospheric Climate MOdel version 2 (RACMO2 hereafter, Van Meijgaard et al.
(2008)) combines the dynamical parameterizations from the High Resolution Limited Area
Model (HIRLAM, Undén et al. (2002)) with the physical schemes from the European Centre for
Medium-Range Weather Forecasts model (ECMWF cycle 23r4, White (2001)). In recent years,
RACMO2 has been used to estimate the SMB of Antarctica (Van de Berg et al. (2005)) and
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Greenland (Ettema et al. (2009)). Modeled precipitation and surface mass balance have been
extensively evaluated using available in-situ observations (Ettema et al. (2009)). Moreover,
Ettema et al. (2010b) showed that RACMO2 provides a realistic simulation of the near-surface
climate of the GrIS, although several deVciencies were detected, especially in the snow albedo
scheme. To resolve this, we included a snow albedo parameterization based on the growth
of snow during dry and wet metamorphosis, so that snow albedo can be physically coupled
to snow grain size (Flanner and Zender (2006)). This signiVcantly improved net shortwave
radiation in RACMO2 over the Antarctic ice sheet (Kuipers Munneke et al. (2011)) and the
length of the melt season in Greenland (Van Angelen et al. (2012a)). In addition, a remote
sensing-derived background albedo (from the Moderate Resolution Imaging Spectroradiome-
ter (MODIS)) is prescribed for ice (Van Angelen et al. (2012b)) to capture the spatial variability
of albedo in the ablation area when the winter snow has melted (Van den Broeke et al. (2008)).
Finally, the drifting snow scheme derived from Déry and Yau (1999) has been included in
RACMO2. It calculates drifting snow transport and sublimation, and accounts for interactions
between the drifting snow layer with both the overlying atmosphere and the underlying snow
surface (Chapter 2). Furthermore, we use an empirically-derived parameterization for sur-
face snow density. This was derived in Chapter 4 for Antarctica, such that modeled drifting
snow frequency and horizontal transport agree well with available in-situ and remote sensing
observations.

For the GrIS, RACMO2 has 40 levels in the vertical and the model grid has a horizontal spacing
of∼11km. It is forced at its lateral boundaries by ECMWF reanalyses, ERA-40 (1960–1988) and
ERA-Interim (1989–2011), at a 6-hourly resolution. The atmospheric Velds from the reanalyses
are relaxed towards true model resolution (11 km) in the relaxation zone (see Figure 8.1). Sea
surface temperature (SST) and sea ice extent are prescribed as a surface boundary condition
by the reanalyses. Within the interior model domain, RACMO2 evolves freely.

8.2.2 Model evaluation

To date, no reliable direct observations of drifting snow processes on Greenland exist. In-
situ instruments are prone to extreme weather conditions, and measurement errors increase
with wind speed (Cierco et al. (2007)). Remote-sensed observations of drifting snow, shown
to be promising on Antarctica (Palm et al. (2011)), are limited on Greenland due to enhanced
cloudiness and generally shallower drifting snow layers (S. P. Palm, personal communication).
Instead, we focus the evaluation of RACMO2 on the near-surface climate. Drifting snow pre-
dominantly occurs in the surface layer, in the Vrst few meters above the surface. Near-surface
parameters determine the occurrence and strength of drifting snow processes. Therefore, a key
component of the model evaluation is to determine the model’s ability to simulate a realistic
near-surface climate on the GrIS. Primarily near-surface wind speed drives drifting snow pro-
cesses. Other important atmospheric parameters that control the amount of drifting snow sub-
limation are near-surface temperature (T2m) and near-surface speciVc humidity (q2m); these



108 8.2. Methods

Figure 8.1: Overview of model domain. Model topography is shown in colors, blue represents ocean.
The white dotted boundary represents the model relaxation zone (24 grid points).

Figure 8.2: (B–D) Comparison of 10 m wind speed frequency distributions from RACMO2 (red) and
from observations (black), based on daily averages from the period 2003-2010 at 3 AWS stations along
the K-transect. AWS locations are shown in panel (A), including the mean modeled (background) and
observed (dots) 10 m wind speed.
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Table 8.1: Comparison statistics between RACMO2 and observations presented by Ettema et al. (2010a).
Shown are annual mean 2m temperature (T2m), 10 m wind speed (U10m) and 2m speciVc humidity
(q2m).

Units R Bias RMSE

T ∗2m K 0.97 –0.8 2.3
U∗10m ms−1 0.74 0.3 1.9
q+

2m gkg−1 0.98 –0.1 0.3

∗ Comparison based on 68 stations (GC-net: 15 stations, IMAU: 3 stations and DMI: 51 stations (Ettema et al. (2010a))).
+ Based on daily averages of the year 2004 at IMAU station S6 (67◦04′ N, 49◦24′W).

determine relative humidity, which in turn determines the potential for drifting snow subli-
mation (Chapter 3). The model evaluation is presented in the next section.

8.3 Results

8.3.1 Near-surface climate

Figure 8.3: Relative humidity with respect to ice at 2 m in January and February 2009 at the location of
AWS S9. Observed RHice is drawn in black, the RACMO2 simulation without drifting snow from Ettema
et al. (2010a) in green and RACMO2 with drifting snow in red. The red crosses at the top indicate when
SUds occurs in RACMO2.

Ettema et al. (2010a) thoroughly evaluated the near-surface climate of RACMO2, and found
good agreement between model and observations. Their results are summarized in Table 8.1.
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A high correlation between modeled and observed near-surface temperature (T2m) is found.
The negative bias, that is mainly conVned to the winter season, is attributed to an underesti-
mation of downward longwave radiation (Ettema et al. (2010a)). Considering that, especially
for coastal stations, 10 m wind speed is greatly inWuenced by local topography that may not
always be properly represented by RACMO2, the agreement between model and observations
is good. High wind speeds that drive drifting snow are also well represented by RACMO2 and
no clear underestimation is seen, so the model resolution appears suXcient to represent local
wind climates on the ice sheet (Ettema et al. (2010a)).

Figure 8.4: Mean (1960–2011) modeled (A) surface mass balance (mmw.e.yr−1), (B) surface snow
density (kgm−3), (C) friction velocity (ms−1), (D) 2m temperature [K] and (E) 2m relative humidity
w.r.t. ice [–].

To further evaluate the modeled wind climate, Figure 8.2 shows the frequency distributions of
daily mean wind speeds from RACMO2 and AWS observations along the K-transect in South-
western Greenland (Van de Wal et al. (2005)). RACMO2 realistically simulates the observed
wind speed distributions at S5, S6 and S9. For drifting snow cases, especially the tail of the
frequency distributions is important, which includes the very high wind speed events. The
tails of the wind distributions from RACMO2 agree well with the observations at S6 and S9.
RACMO2 somewhat underestimates the frequency of high wind speeds at S5, which is located
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on steep slopes in rough topography that are not fully resolved by the model.

Daily mean near-surface speciVc humidity at S6 (Table 8.1) is well represented in RACMO2.
At S9, however, where drifting snow occurs frequently, relative humidity is found to be under-
estimated in RACMO2 simulations without the drifting snow routine (Figure 8.3). Including
drifting snow physics strongly reduces the negative bias (Figure 8.3), especially during drifting
snow sublimation events. The mean bias during the period shown in Figure 8.3 decreases from
13% to 7% and the RMSE reduces from 15% to 9%. The reason for this improvement is that
water vapor is added to the surface layer in response to SUds, increasing relative humidity in
the surface layer. We conclude that it is currently hard to evaluate drifting snow in the absence
of reliable direct measurements. However, indirect evidence suggests that the occurrence of
drifting snow and its eUect on the near-surface atmosphere are well captured.

Figure 8.5: Mean drifting snow frequency (A), transport (B), sublimation (C) and erosion (D). Drifting
snow frequency is deVned as the fraction of days with accumulated T Rds of 3 kgm−1.

Figure 8.4a–f present the mean Velds of the (near-surface) climate parameters that are impor-
tant for drifting snow (sublimation). The surface mass balance (SMB, Figure 8.4a) is negative
(< −500mm w.e.) along major portions of the margins, indicating that on an annual basis,
surface runoU from snow- and ice melt exceeds the input of precipitation. This results in the
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exposure of bare glacier ice during a part of the year. On the other hand, the southeastern
marginal zones are characterized by strong precipitation, and have a positive annual SMB of
> 1m w.e. The inland regions of the ice sheet are drier, but also exhibit less or no snowmelt,
hence SMB > 0. The occurrence of surface melt is also reWected in the surface snow density
(ρs, Figure 8.4b). Melt strongly increases the densiVcation rate of the snowpack (Wakahama
(1975)). This, in turn, limits the onset of drifting snow. In Chapter 4 we showed that for a sur-
face snow density increasing from 300 to 500kgm−3, the associated threshold friction velocity
for drifting snow (u∗,t ) increases from 0.4 to 1.2ms−1, the latter which, for a typical surface
roughness z0 of 1mm, represents a 10 m wind speed of > 30ms−1.

Figure 8.6: Mean (1960–2011) SUds and T Rds on all ice sheet grid points (∼14000 points) as a function
of mean 10 m wind speed, 2 m relative humidity with respect to ice and surface snow density.

Measurements of surface snow density on the GrIS only exist for the summer season, when ρs

is high, limiting drifting snow. An exception is the dry snow zone on the higher portions of the
ice sheet, where melt does not occur, not even in summer. For these regions, we used ρs obser-
vations on the Antarctic ice sheet to introduce temporal and spatial variability of the surface
snow density (ranging from 300 to 400kgm−3), depending on the local wind and accumulation
climate (Chapter 4). Based on the sparse observations available, this parameterization appears
to be valid on Greenland as well. For example, the observations of Bolzan and Strobel (1994)
suggest a mean summer surface snow density of 332kgm−3 (Zwally et al. (2002)). RACMO2
agrees very well with these observations, and gives a mean ρs in July of 330kgm−3 in this
region (Figure 8.4b). Another way to assess model performance is to investigate how well
the model captures the transition from winter (no melt) and summer (melt) season, as melt-
induced densiVcation limits the occurrence of drifting snow. Fettweis et al. (2011) and Van
Angelen et al. (2012b) show that RACMO2 is well able to simulate the onset, duration and
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extent of melt on the Greenland ice sheet. Although indirect evidence, this indicates that the
timing and phase of the drifting snow season is well captured by the model.

Figure 8.4c shows the mean friction velocity, the parameter that combines the near-surface
wind speed and surface roughness (Schmidt (1981), Li and Pomeroy (1997)). When the friction
velocity exceeds the threshold friction velocity (u∗,t ), drifting snow is initiated. The highest
average friction velocities are found in the northeastern part of the ice sheet, where katabatic
forcing is largest (Van Angelen et al. (2011)), along the western coast, where katabatic and
synoptic forcing lead to a persistent southerly jet (Van Angelen et al. (2011)), and in Southern
Greenland, which is under the frequent inWuence of midlatitude cyclones. The near-surface
temperature and relative humidity are shown in Figure 8.4d, e, respectively. Evidently, near-
surface temperature is largely determined by elevation. The highest temperatures are found
along the coastline, where above-zero temperatures occur regularly in summer. Due to the
low temperatures, RHi is very high (> 95%) on higher portions of the ice sheet (> 2000m),
limiting the potential for SUds, whereas the near-surface air is less saturated at lower altitudes,
where katabatic (downslope) winds give rise to adiabatic warming and subsequent drying of
the near-surface air.

8.3.2 Drifting snow climate

Spatial variability

Figure 8.5a–d present the mean annual drifting snow frequency, transport, SUds, and ERds.
Drifting snow occurs on the entire ice sheet (Figure 8.5a), with frequencies ranging from
< 20% in highly-elevated regions, where calm conditions prevail, up to 50% and more in
coastal areas. Highest drifting snow frequencies are found along the northeastern, southeast-
ern and western margins, where the surface snow density is relatively low (Figure 8.4b) and
mean wind speeds are highest (Figure 8.4c). Horizontal transport of drifting snow (shown as
a scalar in Figure 8.5a) varies from less than 0.5 · 106 kgm−1 yr−1 on the ice sheet plateau
to > 2 · 106 kgm−1 yr−1 in the regions where drifting snow is most active. SUds varies from
< 5mmyr−1 in regions above 2500m to 20–60mmyr−1 in some low-lying regions. In contrast,
SUds is small in the surrounding tundra areas, where the presence of snow on the ground is
limited to the winter season, and, more importantly, near-surface wind speed is lower than on
the ice sheet (Figure 8.2a, Ettema et al., 2010b). ERds is related to divergence/convergence of
the near-surface (katabatic) winds and the resulting TRds. From the interior ice sheet to the
margins, katabatic winds accelerate (Van Angelen et al. (2011)), leading to drifting snow ero-
sion (10–40mmyr−1, see Figure 8.5b), whereas net snow deposition occurs closer to the coast,
where near-surface winds generally slow down. Patterns of alternating erosion/deposition
occur where regional topography is strongly concave/convex, for example in the northwest
(82◦ N, 50–60◦W). The non-linear nature of drifting snow is evident from Figure 8.6. Both
SUds and TRds strongly depend on wind speed, but SUds is limited when the surface layer be-
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comes saturated. Drifting snow sublimation is therefore most active in relatively warm, windy
and dry (in terms of relative humidity) regions.

Figure 8.7: Mean (1960–2011) annual cycle (January–December) of snowfall (left axis) and SUds, SUs
and runoU (right axis), all in (Gt yr−1) and their temporal standard deviation (square root of inter-
annual variability, vertical bars denote 2σ ). The horizontal black line represents 0Gt yr−1 on the right
axis.

Figure 8.8: Number of drifting snow days (with SUds > 0) per year and number of days with snow
density of the upper 5 cm of the snowpack (ρs) greater than 400kgm−3. White dashes indicate areas
with a standard deviation > 30 days.

Table 8.2 shows the ice-sheet integrated values of the SMB and its components. The 1960–2011
mean SMB of the Greenland ice sheet is estimated at 376±118Gtyr−1. This estimate is com-
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parable to other recent GrIS SMB estimates that are assembled by Rae et al. (2012), which are
mostly in the range 320−450Gtyr−1. Surface mass balance is largely determined by the mass
input from precipitation (732±74Gtyr−1) and the mass loss via runoU (306±86Gtyr−1). The
mass loss through sublimation is of secondary importance on Greenland. The total sublima-
tion (SUds + SUs) equals 40± 4Gtyr−1. SUds is responsible for 60% of the total sublimation
(24±3Gtyr−1), and 16±2Gtyr−1 is lost via surface sublimation. Compared to a simulation
without drifting snow (Ettema et al. (2009)), total sublimation has increased by more than 40%,
although SUs is 40% lower, hence including SUds reduces SUs, but increases total sublimation.
Integrated over the ice sheet, SUds is clearly smaller than runoU, and contributes 7% to the to-
tal ablation on Greenland. In comparison, SUds is estimated to be responsible for ∼75% of the
ablation in Antarctica (Chapter 5 and 6), which highlights the large diUerence in near-surface
climate between the two ice sheets. The inWuence of ERds on the Greenland surface mass bal-
ance is small (1±1Gtyr−1). Despite their relatively small eUect on ice sheet integrated SMB,
drifting snow processes (SUds and ERds) attribute largely to the local surface mass balance in
relatively dry, windy regions of the Greenland ice sheet. Locally, they remove up to 50% of the
precipitated snow (not shown).

Table 8.2: Mean (1960–2011) and standard deviation (square root of the inter-annual variability) of ice
sheet-integrated values (Gt yr−1) of the SMB and its components.

All in Gtyr−1 Mean σ

SMB 376 118
Precipitation 723 74

RunoU 306 86
SUs 16 2
SUds 24 3
ERds 1 1

Seasonal variability

All SMB components, apart from snowfall, show a clear seasonal cycle (Figure 8.7). Snowfall
is on average largest in early winter (September–November). RunoU and SUs peak in summer,
whereas SUds is most signiVcant in winter. It is larger than runoU during 7 months and larger
than SUs during 8 months of the year. In the winter months (December–February), SUds

removes ∼6% of the snowfall.

Figure 8.8 shows the mean number of drifting snow days per year. Drifting snow occurs on
120–180 days in the western katabatic wind zone, and locally on > 200 days in the north-
east. The latter region not only experiences the highest katabatic wind speeds (Van Angelen
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et al. (2011)), but also has a relatively short melt season (see Figure 8.8), keeping ρs and u∗,t
relatively low.

An example of the transition from drifting snow season to melt season is shown in Figure 8.9.
It shows the annual cycle (year 2005) of drifting snow-related variables at S6, located in the ab-
lation zone of the western ice sheet (Van den Broeke et al. (2008)). In winter (January–May and
October–December), the friction velocity (u∗) often exceeds the threshold (u∗,t , which depends
on the density of the top snow layer (Gallée et al. (2001)). The top snow layer is frequently
refreshed by lower-density fresh snow, which keeps u∗,t low (0.3–0.4ms−1). In summer, but
also during some warm episodes in winter, u∗,t increases because of snowmelt. This strongly
enhances ρs, preventing drifting snow to occur. This illustrates the strong feedback between
the length of the melt season, snow surface conditions and length of the drifting snow season
in Greenland.

Inter-annual variability and trends

Inter-annual variability in SUds is clearly related to inter-annual variability in near-surface
wind speed (correlation coeXcient R = 0.91). Years with high SUds (for example 1996) are
characterized by a anomalously high near-surface wind speed and, to a lesser extent, temper-
ature. Interestingly, the areas with the largest inter-annual variability of drifting snow fre-
quency (Figure 8.8, white dashed areas) coincide with regions where year-to-year variations
in the extent of the ablation season is also largest.

RACMO2 suggests that in the period 1960-1990, near-surface temperature
(−0.03±0.02Kyr−1) and wind speed (0±0.003ms−1 yr−1) trends were insigniVcant. Since
1990 however, following a rise in atmospheric temperatures, meltwater runoU has been in-
creasing (Ettema et al. (2009)), only partly compensated by increased snowfall (Van den Broeke
et al. (2009)), which led to a strong decline in SMB. Figure 8.10 shows the recent trend of SUds

and SUs. Since 1990, SUds has decreased at a rate of −0.1± 0.1Gtyr−2, following a 10 m
wind speed decrease of −0.009±0.005ms−1 yr−1 (Fig. 8.10) and the increased length of the
summer season over Greenland (0.6± 0.9daysyr−2). The large uncertainty in the trend of
SUds is due to strong inter-annual variability, and a longer time series is required to reach
signiVcance at a 95% level. The decline in SUds is compensated by a signiVcant increase in
SUs (+0.09±0.09Gtyr−2), which is related to the less frequent occurrence of drifting snow
in combination with the higher near-surface temperature (+0.09±0.03Kyr−1).

8.4 Conclusions

This paper describes the Vrst attempt to simulate the drifting snow climate of the Greenland
ice sheet, using output of a high-resolution (11 km) regional climate model (RACMO2) with
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Figure 8.9: Modeled annual cycle (2005) at S6 (67◦5′ N, 49◦ 23′W) of daily mean friction velocity (blue)
and its threshold (black, see text), 2 m temperature (the freezing point is illustrated by the horizontal red
line) and relative humidity, daily accumulated snowfall, snowmelt and drifting snow sublimation. The
grey areas represent the drifting snow season (see text).

Figure 8.10: Inter-annual variability (1960–2011) of GrIS integrated SUds (blue bars) and SUs (black
bars), combined with the normalized anomaly of GRis averaged 10 m wind speed (U10m, green) and 2m
temperature (T2m, red). The 1990–2011 linear trends are depicted by the dashed lines.
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interactive drifting snow routine for a period of 52 yr (1960–2011). RACMO2 is able to realisti-
cally model the near-surface climate of Greenland (Ettema et al. (2010a)) and it includes a snow
albedo scheme that tracks the evolution of snow grain size and a drifting snow routine that
allows for interaction between drifting snow, the snow surface and the overlying atmosphere.

We evaluated the results in terms of the near-surface climate in further detail, because a di-
rect evaluation of the drifting snow climate is not feasible. RACMO2 shows realistic wind
speed spectra along the K-transect. Furthermore, we showed that during drifting snow, SUds

enhances near-surface relative humidity, which improves the agreement with observations.
Unfortunately, because no reliable direct observations of drifting snow transport or frequency
are available for Greenland, we are presently unable to explicitly/directly evaluate and/or fur-
ther improve the drifting snow model.

The results show that drifting snow in Greenland is not signiVcant during summer, when
near-surface wind speeds are lower and surface snow density and associated threshold fric-
tion velocity increase due to melt, which suppresses drifting snow to occur. In winter, during 7
months of the year, SUds is the only important ablation mechanism, removing∼6% of the pre-
cipitation during this period. In summer, SUds is negligible, and meltwater runoU becomes the
primary ablation component. Integrated over the Greenland ice sheet, SUds equals 24Gtyr−1,
50% larger than SUs (16Gtyr−1). Although the contribution of drifting snow erosion (ERds)
to the surface mass balance is negligible on the ice sheet, it is locally of importance, espe-
cially in areas where topographic features induce strong wind Veld divergence/convergence.
An abrupt transition occurs between the melting season in summer, when drifting snow is
strongly suppressed, and the drifting snow season, when light, fresh snow is prone to drifting.
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Ongoing and future work

In the Vnal chapter of this thesis, I will brieWy present some results from ongoing work and
suggest directions for future work into drifting snow on the Antarctic and Greenland ice
sheets. Firstly, the currently ongoing Veldwork campaign on Greenland is highlighted. I dis-
cuss the location of the measurements, the instruments that are used and the general setup of
the experiment. Secondly, some Vrst results of additional high-resolution Antarctic RACMO2
simulations are described, among which an attempt to explain the occurrence of blue-ice ar-
eas in Dronning Maud Land, East Antarctica. Finally, I present the Vrst outcomes of scenario
runs over Antarctica and Greenland using RACMO2 forced by GCM atmospheric Velds, used
for the assessment of the sensitivity of drifting snow to future climate change.
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9.1 Drifting snow observations

In the absence of trustworthy direct observations, the modeled drifting snow climate is chal-
lenging to evaluate. Therefore, we started a measurement campaign to measure snow transport
Wuxes, detailed turbulence measurements and related parameters on the Greenland Ice Sheet
(2012-2013). Unfortunately, due to organizational diXculties and a long preparation time, the
results of this Veldwork will become available after publication of this thesis. I will introduce
the Veldwork setup in the next section.

9.1.1 Location and climate

The lower marginal areas of the Greenland ice sheet are characterized by mild summers, with
limited occurrence of drifting snow (see Chapter 8). Moreover, strong melt occurs, which
hampers the operation of tall measurement masts. Therefore, we decided to install the drifting
snow measurement setup at a relatively high elevation, where accumulation is not too high, to
avoid burying the instruments in snow, and where accumulation and ablation are in approxi-
mate balance on an annual basis. Furthermore, it should be easily accessible by helicopter for
installment or recovery work, and have background climate information available.

At the western edge of the Greenland ice sheet, IMAU operates four weather stations on the
ice sheet, close to the international airport of Kangerlussuaq (see Chapter 8, Figure 9.1). For
the drifting snow setup, we chose the highest station (S10), located at an elevation of ∼1850
m, slightly above the equilibrium line (Figure 9.1). The annual average temperature at S10 is
around -15 oC, and melting occurs only during 3 months in summer (Figure 9.2). Average wind
speed is ∼8 m s−1. Model results indicate that the drifting snow season at S10 extends over 9
months; only June, July and August seldom see drifting snow due to melt-related compaction
and wetting of the surface snow (Figure 9.2). In winter, SUds is estimated to remove ∼10% of
the precipitated snow. In comparison, the drifting snow season at S6 (1000 m elevation) is only
7 months long and modeled SUds amounts are smaller (Figure 9.2).

9.1.2 Measurement setup

The measurement setup (Figure 9.3) consists of two Snow Particle Counters (SPC, Sato et al.
(1993)), manufactured and tested in Japan, the French Alps and Antarctica. The SPC has
a self-steering wind vane and is equipped with a super-luminescent diode sensor (Sugiura
et al. (2009)), which acts as a constant light source during the measurement. When a drifting
snow particle passes through the light beam, Vrst the light energy that enters the upwind
side decreases, and consequently the same occurs on the downwind side. These signals are
converted to two successive electrical pulses, whose voltage is directly proportional to the size
of the particle (Sato et al. (1993)). Based on these electrical pulse signals that correspond to the
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Figure 9.1: Map of the location of the K-transect with stations S5, S6, S9 and S10. Background shows
MODIS satellite image of August 2006. The inset locates the region on the Greenland ice sheet.

Figure 9.2: Seasonal variability of SMB components at IMAU stations S6 (left) and S10 (right) along
the K-transect, according to RACMO2 (mean of 1960-2011). The left axis shows snowfall and runoU, the
right axis shows SUds and SUs. All are in mm month−1. Note the diUerent scales between left and right
axes.
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sizes of snow particles passing through the sampling area, each signal is classiVed into one of
32 size classes (∼40 to 500 µm). Furthermore, the SPC measures the number Wux of the snow
particles based on each particle’s diameter class; hence, the integrated horizontal mass Wux of
snow can be obtained.

In our Greenland setup, the two SPC’s are initially installed at 0.5 m and 1 m above the snow
surface, to capture the vertical gradient of the mass Wux. The SPC’s are Vxed to a horizontal
frame that is connected to an electric motor (Figure 9.3c), to enable vertical movement of
the frame when snow is accumulated or eroded below the instruments. The SPC’s require
relatively large amounts of power (∼60 W), which is generated by two wind generators that
are placed 3 and 4 m above the surface (Figure 9.3a and b). To save power, the SPC’s are
switched oU at low wind speeds (< 5 m s−1 ), when drifting snow does not occur.

The drifting snow setup is complemented by a 8 m high proVle tower (Figure 9.3d) for measure-
ments of wind speed and direction, humidity and temperature at high frequency (10 Hz). Wind
speed sensors at 6 diUerent heights capture the vertical wind speed proVle, and thermocouples
measure fast temperature variations for eddy covariance analysis of atmospheric turbulent
motions. Moreover, at 4 m height, a LiCor instrument measures fast humidity Wuctuations to
quantify the latent heat Wux in and above the drifting snow layer.

a!

b!

c!

d!

c!

Figure 9.3: Camera picture of drifting snow Veldwork setup after installment, 13 August 2012.
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9.2 High-resolution RACMO2 simulations over Antarc-
tica

Chapter 7 presented the impact of model resolution on the simulated wind and drifting snow
climate of a part of East Antarctica. The results indicate that, although model resolution does
not greatly alter the integrated surface mass balance, it signiVcantly improves the simulation of
local high wind speeds and related drifting snow processes. This opens the door for additional
research, especially in areas with relatively dense observational coverage. For those areas, our
data can complement observational studies, shed light on the spatial structure of SMB and
related quantities, and identify processes that are important for the local climate.

As a pilot study, we performed a 12 year (2000-2011) RACMO2 (version 2.3) simulation of
Dronning Maud Land (East-Antarctica) at a horizontal resolution of 5.5 km. Possible research
tracks that are currently under consideration or in progress are listed below.

9.2.1 Evaluation of modeled wind, drifting snow and SMB

Dronning Maud Land is a region in East Antarctica where many international research bases
are located. Among them, Neumayer base (see Chapter 3) has a long-term, quality-controlled
observational dataset, also of drifting snow occurrence, that can be used for model evalu-
ation. Halley station is another coastal station located further west, with a comprehensive
observational program. Moreover, several traverses have been undertaken, along which SMB
measurements are available (see e.g. Anschütz et al. (2009)).

9.2.2 Evaluation of modeled cloud-related parameters

Clouds are important climate controllers. They determine precipitation amount and inten-
sity, reduce incoming solar radiation, but enhance the absorption and re-emission of longwave
radiation towards the surface. The Belgian base Princess Elisabeth is located in the Sør Ron-
dane mountains (72◦S ,23◦12’E, 1420 m a.s.l., http://ess.kuleuven.be/hydrant/) and
is equipped with several instruments that measure cloud-related parameters, such as cloud
height, cloud droplet size and liquid water path (Bromwich et al. (2012)). This dataset is
unique for Antarctica, and provides evaluation information for cloud characteristics simulated
by RACMO2.

9.2.3 Blue ice areas: interplay between ice dynamics and surface
mass balance

Blue ice areas cover around 1% of the surface of the East Antarctic ice sheet (Winther et al.
(2001)) and are visual evidence of long-term ablation. In Dronning Maud Land they are rela-

http://ess.kuleuven.be/hydrant/
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tively abundant. Here, we combine (1) high-resolution (5.5 km) maps of surface mass balance
(snowfall, sublimation and drifting snow processes), produced with the regional atmospheric
climate model RACMO2, (2) Vrn layer characteristics of East Antarctica (Ligtenberg et al.
(2011)), and (3) knowledge of ice velocities (Rignot et al. (2011b)) to describe the interplay be-
tween ice dynamics, SMB and the formation of blue ice (Figure 9.4). In blue ice areas, more
snow is sublimated and/or eroded than is accumulated. Due to the locally low ice velocities
(< 1 m/year), the entire Vrn layer can be removed (Figure 9.4C and D) before the ice is trans-
ported away to locations with positive SMB (Figure 9.4B). This erosion is a very slow process:
typically, it takes ∼1000-10000 years before the ice is exposed at the surface (Figure 9.4A).

Figure 9.4: Map of Dronning Maud Land, East Antarctica, with (A) the residence time of the Vrn layer
in the RACMO2 grid cell (∼ 25 km2), (B) the annual mean SMB simulated by RACMO2 (shown in the
mean of 2000-2007), (C) and (D) the total mass of the Vrn layer before and after impact of ablation.

Future reVnements involve a time-dependent Vrn model that is applied to several ice trajec-
tories in Dronning Maud Land. These trajectories, retracing the ice movement upstream, will
allow the analysis of the evolution of the Vrn characteristics in time and space, and further
improve the knowledge of the formation and occurrence of blue ice in East Antarctica.
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Table 9.1: Near-surface climate and SMB components from RACMO2 at ∼50 km resolution, driven by
ERA-Interim (Vrst column), contemporary EC-Earth Velds (1950-2005), EC-Earth forced by RCP4.5 and
RCP 8.5 climate change scenarios (third and fourth column). Given are the mean and temporal standard
deviation of each period. SN=snowfall, RA=rainfall, and RU=meltwater runoU.

name RACMO2ERA−I RACMO2EC−Earth RACMO2EC−Earth RACMO2EC−Earth
scenario historical RCP4.5 RCP8.5
period 1979-2010 1950-2005 2071-2100 2071-2100

Units
T2m K 236.5 ± 0.4 236.9 ± 0.7 239.4 ± 0.4 241.2 ± 0.5
U10m m s−1 6.8 ± 0.1 7.0 ± 0.1 7.0 ± 0.1 7.0 ± 0.1

SN Gt yr−1 2600 ± 114 2984 ± 133 3289 ± 120 3588 ± 123
RA Gt yr−1 29 ± 6 58 ± 11 106 ± 17 191 ± 41

ERds Gt yr−1 3 ± 0 4 ± 0 4 ± 0 4 ± 0
SUds Gt yr−1 160 ± 8 185 ± 11 198 ± 10 202 ± 10
SUs Gt yr−1 42 ± 4 43 ± 5 64 ± 6 77 ± 8
RU Gt yr−1 7 ± 4 15 ± 8 62 ± 18 180 ± 52
SMB Gt yr−1 2416 ± 117 2705 ± 132 3068 ± 124 3316 ± 132

9.3 Future changes in Antarctic SMB

The Antarctic ice sheet SMB showed no signiVcant trend during the last decades (see Chapter
6). With atmospheric warming expected to increase during the next decades, it is also assumed
that precipitation will increase. As most of the grounded ice sheet remains too cold for liquid
precipitation, this implies enhanced snowfall, increasing the SMB; predictions of this increase
diUer between scenarios, models and model resolutions (Genthon et al. (2009b)). An increase
in SMB could signiVcantly mitigate sea level rise, underlining the need for realistic projections
of future Antarctic climate and SMB. For this work, we are particularly interested in the future
changes of the drifting snow climate and its contribution to the SMB.

The Coordinated Regional Downscaling Experiment (CORDEX) aims at applying regional
atmospheric climate models for the simulation of present and future regional climate, and en-
ables model intercomparison since Vxed domains are used. Here we use output from RACMO2
with the Antarctic domain from CORDEX (∼50 km resolution), including drifting snow scheme,
and forced by the EC-Earth General Circulation Model (Hazeleger et al. (2011)), to estimate fu-
ture changes in SMB and drifting snow on Antarctica. First, RACMO2 with EC-Earth forcing
is run for an evaluation of contemporary climate (1950-2005), using observed CO2 concentra-
tions. By comparing to the ERA-Interim forced RACMO2 results (1979-2010), we can analyze
the ability of EC-Earth to capture contemporary AIS SMB. Table 9.1) provides the mean val-
ues and temporal standard deviation of the SMB components, drifting snow and near-surface
variables.

The integrated amount of snowfall is signiVcantly overestimated in the run forced by EC-
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Earth, which is presumably related to the large underestimation of sea-ice extent in the South-
ern Ocean surrounding Antarctica (Hazeleger et al. (2011)). This favors uptake of heat and
moisture by the atmosphere above the ocean, enhancing precipitation (solid and liquid), espe-
cially in the coastal regions of the ice sheet. The somewhat warmer atmosphere (0.4 K) causes
more melt and meltwater runoU, although the relative contribution of this term to the SMB
remains small. The general circulation is somewhat stronger in EC-Earth, with slightly higher
near-surface wind speeds, augmenting drifting snow sublimation with ∼15%. The remaining
SMB contributions agree better with the ERA-Interim simulation. The overestimation of SMB
by ∼ 300 Gt yr−1can be almost completely attributed to enhanced snowfall.

Figure 9.5: Absolute change of (A) relative humidity at 2 m (with respect to ice) and (B) SUds between
RACMO2 driven by EC-Earth RCP4.5 (2071-2100) and EC-Earth historical (1950-2005).

We assess the impact of global warming on the Antarctic SMB by driving RACMO2 with two
CMIP5 climate projections of EC-Earth, and drive RACMO2 with these data. We use the rela-
tively optimistic (RCP4.5) and pessimistic (RCP8.5) warming scenarios, equivalent to a global
mean enhanced radiative forcing of 4.5 and 8.5 W m−2, respectively. Following the warming
in the 21st century (2.5 K and 3.8 K in RCP4.5 and RCP8.5), snowfall increases markedly, with
a sensitivity of ∼110 Gt yr−1K−1, a number that is in broad agreement with earlier estimates
(Ligtenberg et al. (2013)). The increase of meltwater runoU is distinct: a four-fold increase
in RCP4.5 and a 12-fold increase in RCP8.5. In RCP8.5, the magnitude of meltwater runoU is
comparable to that of SUds (∼ 200 Gt yr−1), both contributing equally to ablation. In sharp
contrast to snowfall and runoU, processes that are largely controlled by temperature, the sensi-
tivity of drifting snow processes to atmospheric warming is small. Drifting snow is most sensi-
tive to wind climate, and only small changes in the ice sheet wide wind climate are projected.
SUds increases by <10% at the end of the 21st century in RCP8.5 compared to present-day,
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which is related to an increase of temperature in the escarpment and coastal regions. The spe-
ciVc humidity of the air remains unchanged, probably due to the continuous inWow of dry air
by the katabatic wind. In response, the relative humidity of the air decreases slightly in these
regions, enabling higher sublimation (Figure 9.5A). Highest increase of SUds found are in the
order of 10 mm w.e. yr−1 (Figure 9.5B), which is a minor change in regions where present-day
SUds is estimated at 50-200 mm w.e. yr−1 (see Chapter 5).

A similarly low sensitivity of drifting snow processes to atmospheric warming is found on
the Greenland ice sheet (Van Angelen et al. (2012b)). No signiVcant change of SUds is found,
although atmospheric warming is stronger in Greenland than in Antarctica. The Greenland
wind climate is relatively insensitive to increasing temperatures. In conclusion, drifting snow
processes will remain important in a warming climate over ice sheets, and an important con-
tributor to surface mass balance, mainly on Antarctica.
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