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Chapter 1

Introduction

After the USSR Luna and US Apollo missions in the 1960’s and 1970’s, scientific in-
terest in the Moon temporarily decreased. However, with new techniques to analyse
and process data, new questions were raised on proposed lunar evolution scenarios
starting a new era of lunar science. From the 1990’s onwards, technological develop-
ments have led to a rebirth of lunar science, starting with the US Clementine mission
in 1994, that focussed on imaging the lunar surface at several wavelengths and al-
timetry, gravimetry and charged particle measurements, and the Lunar Prospector
mission (1998) that focussed on compositional mapping and measurements of mag-
netic and gravity fields. In recent years, the American NASA, the European Space
Agency (ESA), India, Japan, and China have all sent remote sensing missions to the
Moon, both China and ESA have advanced plans for lander missions, and China is
planning for a return of humans to the Moon. Results from these missions are rapidly
expanding our knowledge of our celestial neighbour, but many key questions about
the origin and evolution of the Moon remain unanswered.

1.1 Present views of the Moon

The widely accepted theory for Moon formation is the giant impact theory (Cameron
and Ward, 1976; Hartmann and Davis, 1975). According to this model, a mars-
sized object collided with the differentiated proto-earth. Part of the debris from this
collision was thrown into earth orbit, where it accreted to form the Moon.

This theory is consistent with the present day angular momentum of the Earth-
Moon system, the relative masses of the two bodies, and the iron-poor nature of the
bulk Moon as compared to the bulk Earth (Canup, 2008). However, it has been
shown that if such a collision indeed formed our Moon, most of the lunar material
must have come from the impactor (Canup, 2004, 2008), which is not consistent with
the observed elemental and isotopic similarities between the bulk Moon and the bulk
silicate Earth (e.g. Wiechert et al., 2001; Touboul et al., 2007; Georg et al., 2007).
The identical isotopic composition of Moon and Earth for elements as diverse as
oxygen and tungsten is difficult to explain with this theory, and although Pahlevan
and Stevenson (2007) show that the similarity in oxygen isotopic composition might

1



2 Chapter 1

be explained by mixing of terrestrial magma ocean and Moon-forming material in a
common atmosphere after the giant impact but prior to lunar accretion, this scenario
is unlikely to work for elements like tungsten.

Independent of the exact lunar origin scenario, it is generally assumed that the
Moon accreted as a hot, (partially) molten body. When the first data on the compo-
sition of the lunar crust became available, the Lunar Magma Ocean (LMO) theory
was proposed (Smith et al., 1970; Wood et al., 1970). The main mineral of the pri-
mary lunar crust is plagioclase. The density of plagioclase is relatively low and it is
therefore assumed that this crust was formed as a flotation crust on top of the magma
ocean.

Both calculations (Snyder et al., 1992) and experiments (Elardo et al., 2011;
Tronche and van Westrenen, 2011) have been performed to determine the crystallisa-
tion sequence of the LMO. Although details differ with changing assumptions about
the depth of the LMO and resulting differences in crystallisation pressures and tem-
peratures, the general picture shows a layered mantle with olivine and orthopyrox-
ene cumulates at the bottom, followed by clinopyroxene and ilmenite-rich layers, a
thin layer containing high concentrations of incompatible trace elements, and the
anorthositic crust on top.

This layering is gravitationally unstable, due to the increasing iron content with
increasing crystallisation (Snyder et al., 1992) and the late appearance of the high-
density mineral ilmenite (FeTiO3) (Tronche et al., 2010). This gravitational instability
is thought to result in an overturn of the lunar mantle, which is an important process
in lunar evolution and the object of several numerical modeling studies (e.g. Hess and
Parmentier, 1995; Parmentier et al., 2002; Elkins-Tanton et al., 2002; de Vries et al.,
2010).

1.2 Major questions in lunar evolution

Several major questions in lunar science concern the basalts, that fill many of the
lunar craters, particularly on the near side. These basalts have a titanium content
ranging from 0.2 wt.% to about 16 wt.% TiO2 (Delano and Livi, 1981), compared
to maximum ∼2 wt.% for terrestrial basalts. This large range of titanium contents
as well as the high maximum levels of Ti in these basalts is puzzling. It is thought
to be related to the influence of the main Ti-bearing mineral, ilmenite, which is
thought to have sunk towards the center of the Moon during lunar mantle overturn.
Furthermore, the high titanium contents result in relatively high density melts (e.g.
van Kan Parker et al., 2012), that must somehow have risen towards the surface and
penetrated the low density anorthositic crust. Numerical modeling studies on the
behaviour of ilmenite-rich material during lunar mantle overturn can potentially help
to shed light on these issues.

Furthermore, basalts are mainly found on the lunar nearside. This may be caused
by the thinner crust on the nearside (e.g. Garrick-Bethell et al., 2010) or both asym-
metries may have the same origin (Zhong et al., 2000). Finally, the ages of lunar
basalts, obtained both by radiometric dating of Apollo samples and by remote sens-
ing techniques suggest that magmatic activity has taken place during a large part
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Figure 1.1: A Lunar Laser Ranging (LLR) experiment, with a laser beam reflecting
from one of the retroreflectors placed on the Moon during the Apollo missions and the
Soviet Lunakhod 2. (Credit: NASA)

of the lunar evolution, although the volume of the lava flows decreases with time.
Remote sensing observations of crater densities also imply that some lunar lava flows
that were not sampled during the Apollo or Luna missions seem to have ages as young
as only 1–1.5 Gyr (Hiesinger et al., 2003). A small body like the Moon, with a radius
of only 1738 km, might be expected to have solidified long before that time.

Several questions have also been raised on the subject of a lunar core. Determina-
tion of the lunar moment of inertia ( I

MR2 =0.3932±0.0002) has shown that the moon
likely contains a small core (Konopliv et al., 1998). Lunar Laser Ranging (LLR) stud-
ies (Figure 1.1) on the displacement of the Moon’s precessing pole of rotation, which
indicates energy dissipation in the lunar interior, show that part of this core may still
be fluid at present (Williams et al., 2001), and recent seismological models suggest
an Earth-like core with a solid inner part and molten outer part (Weber et al., 2011;
Garcia et al., 2011). However, as in the case of the young basalts, present day lunar
interior temperatures high enough to have a partially molten core are hard to explain
for a small body like the Moon. Suggested explanations have included strong insu-
lation of the lunar mantle, due to the crust and overlying so-called megaregolith, a
thin layer of very fine-grained sand, formed by meteorite impacts (Ziethe et al., 2009),
heat production by energy dissipation at the early boundary between fluid core and
solid mantle through changes in lunar rotation rate, caused by large impacts (Le Bars
et al., 2011) or Earth-driven precession of the lunar rotation axis in the early history
of the Moon when the Earth-Moon distance was significantly smaller (Dwyer et al.,
2011).
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The precise temperatures, necessary to partially melt the core depend on the
composition of the core, which may be iron, iron with small amount of lighter elements
like sulphur, or maybe ilmenite-rich silicates which may have sunk to the centre of
the Moon during lunar mantle overturn. Another unknown in determining a melting
temperature for the core is its size and therefore the pressure condition at the depth
of the core-mantle boundary. Core radii between 200 and 500 km have been proposed
based on different data sets and depending on the core composition (Konopliv et al.,
1998; Khan et al., 2007; Weber et al., 2011; Garcia et al., 2011), with recent studies
generally arriving at a metallic core with a radius of 300–400 kilometres.

A related issue is the remnant magnetisation of some lunar surface rocks. Different
origins have been proposed for this magnetism. A short-lived dynamo, active from
0.6–0.9 Myr after lunar formation, is usually assumed, based on Apollo data showing
an increase in magnetisation during this period (e.g. Cisowski et al., 1983; Collinson,
1993; Garrick-Bethell et al., 2009), including a 3.7 Gyr old mare basalt that was
recently shown to contain a high magnetisation acquired in a stable magnetic field
(Shea et al., 2012). However, other authors suggest that there is no real proof of an
increase in magnetism during this period if one reevaluates the data with present-day
criteria (Lawrence et al., 2008). Since the relatively small lunar core makes it difficult
to have a sufficiently strong dynamo to fit with the surface magnetisation values, the
possibility of focussing of the solar wind magnetism (instead of dynamo magnetism)
during impacts at the antipode of the impact site has also been shown to be a possible
magnetisation process for the lunar surface rocks (Hood and Artemieva, 2008).

More recently two studies have suggested that the existence of a lunar dynamo
can be explained through processes other than thermal or compositional convection,
making the concept feasible for the Moon. Dwyer et al. (2011) have suggested that
continuous mechanical stirring due to differential motion between the lunar core and
mantle caused by the Earth-driven precession of the lunar spin axis could provide the
energy required for dynamo activity. As this effect decreases with increasing Earth-
Moon distance, the lunar dynamo would naturally cut off as the Moon moved too far
from the Earth, consistent with the fact that there is no lunar dynamo at present.
Le Bars et al. (2011) on the other hand suggest a relationship between large impacts
and a lunar dynamo, where large impactors cause changes in the Moon’s rotation rate,
resulting in transient large-scale fluid flows in the core, due to the slower response of
the core fluid to changes in the lunar rotation rate. These fluid flows are shown to be
turbulent enough to initiate dynamo action.

1.3 Objectives and thesis organisation

The aim of this thesis is to adress some of the issues mentioned in the previous sec-
tion and approach them with a combination of thermo-chemical convection modeling
and high pressure, high temperature experiments. In Chapter 2 the equations and
methods for the numerical models will be described. In Chapter 3 an introduction
will be given on the experimental techniques.

In subsequent chapters numerical convection models are presented, including pro-
gressively increasing input from experimental work. In Chapter 4 the possibility of an



1.3 Objectives and thesis organisation 5

ilmenite-rich lunar core is studied in a 2D cylindrical model with two compositional
end-members, where the ilmenite-rich material is the only distinct composition in a
homogeneous ‘background’ mantle. This chapter shows that a stable ilmenite-rich
core may have formed in the lunar interior if the iron content is too low to form a
primarily iron metal core.

The models in Chapter 5 determine the influence of a more realistic and more
complex initial compositional lunar interior layering and composition-dependent heat
production. The initial heat production for each layer is calculated from the surface
concentrations and partition coefficients for the heat producing elements between
lunar minerals and co-existing melt. Literature values are used for the partition
coefficients of the main cumulate minerals.

Experimental determination of these partition coefficientes is essential for obtain-
ing better constraints on the internal heating distribution in numerical evolution mod-
els. Chapter 6 describes such an experimental study of the partitioning of several
elements, with the focus on the heat producing elements Th, U and K, between
plagioclase and co-existing silicate melt. These data constrain the amount of heat
produced in each cumulate layer of the lunar mantle at the end of magma ocean
crystallisation.

In Chapter 7 we go a step further in providing experimental constraints, determin-
ing the equation of state of ferrosilite (FeSiO3), the iron-endmember of orthopyroxene.
These data can be used in compressible convection models to accurately describe the
density of orthopyroxene as a function of temperature and pressure in the Moon.

In Chapter 8 convection models are extended for compressible media to allow the
incorporation of material properties, derived from selfconsistent mineral physics and
thermodynamics, constrained by experimental data such as described in Chapter 7. In
these compressible models the thermophysical properties of the mineral assemblages
involved are computed using selfconsistent mineral physics models that also include
the seismic wave velocities. The latter are uses in this chapter to relate the results of
thermochemical convection modeling to available seismic data for the Moon.

The concluding chapter summarizes the main results of the individual chapters,
lists general conclusions from the whole thesis, and suggests fruitful avenues for future
research.
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Chapter 2

Model description and numerical
methods

In this thesis models of the lunar interior are constructed, using convection equations
to describe thermal and chemical evolution. In the first section of this chapter, these
governing equations will be presented. Next, the domain geometry and boundary
conditions will be discussed and in the final section of this chapter, the numerical
methods that are used in solving the equations will be described.

2.1 Governing equations for thermo-chemical con-
vection

The main physical process controlling the long-term evolution of planetary bodies is
the thermo-chemical convection process operating through slow solid state creep flow
(∼1 cm/yr) in the silicate (mantle) part of the body. This convective flow process is
mainly driven by lateral variations of the buoyancy force, which is related to density
variations due to temperature and/or composition (i.e. chemical composition and/or
mineralogical (phase) composition).

Our initial models (Chapters 4 and 5) are formulated for an incompressible, New-
tonian fluid with infinite Prandtl number. The Extended Boussinesq Approximation
(EBA) is used to describe this system (e.g. Steinbach et al., 1989; Ita and King, 1994)
for which the equations will be described below. In Chapter 8, compressible models
are used in an Anelastic Liquid Approximation (Jarvis and McKenzie, 1980; Steinbach
et al., 1989; Ita and King, 1994). The differences in the mathematical formulation for
these models will be described in Chapter 8.

The convection equations consist of three conservation equations and a material
transport equation. In the description given here, the equations are non-dimensiona-

7



8 Chapter 2

lised using the following scale factors as described by van den Berg et al. (1993):

x = x′h t = t′ h
2

κ u = u′
κ

h
η = η′η0 α = α′α0 H = H ′H0 (2.1)

T − Ts = T ′∆T

This results in the following equations (symbols are explained in Table 2.1):

• Conservation of energy

DT

Dt
= αg(r)Di(T + T0)ur +

Di

Ra
Φ + ∂j(κ(d)∂jT ) +RH(C, t) (2.2)

This equation describes, respectively, the temporal and spatial temperature
variation due to convection (implicit in the material derivative in the left hand
side term), adiabatic heating, viscous dissipation, conductive heat transport
and internal heat production, caused by the decay of radioactive elements (right
hand side terms).

• Conservation of momentum
The momentum equation is derived from the Navier-Stokes equation for viscous
flow, for the relevant case of a fluid with infinite Prandtl number, Pr = η/(ρκ),
resulting in the Stokes equation (Schubert et al., 2001),

∂j(η(P, T )eij)− ∂i∆P = g(r)êri(αRaT −RcC) (2.3)

The terms describe, from left to right, the divergence of the shear stress, the
gradient of the dynamic pressure and the buoyancy forces, which depend on
temperature and composition.

• Conservation of mass
For an incompressible fluid, the continuity equation that expresses the conser-
vation of mass reduces to the expression of a divergence-free flow velocity field,

∂juj = 0 (2.4)

• Non-diffusive transport equation

DCi

Dt
= 0 (2.5)

This equation describes the motion of each component of the composition, i,
separately, where the number of components is one in Chapter 4 but this is
increased in subsequent Chapters 5 and 8. Composition in our models is de-

scribed using tracer particles that are advected by the flow with
d−→xj

dt = −→u , using

a 4th order Runge-Kutta scheme. A (vector) composition field can then be de-
termined, using the particle-in-cell (PiC) method as described in Section 2.3.2.
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Parameter Meaning Value/Unit

Ac Surface area core-mantle boundary 7.7×105 km2

B(r) Prefactor exponential viscosity Pa s
~C Composition parameter vector
cp Specific heat J kg−1 K−1

cpc Specific heat of the core 675 J kg−1 K−1

d Depth coordinate m

Di Dissipation number: Di = α0g0h
cp

eij Strain rate tensor: eij = ∂ui
∂xj

+
∂uj

∂xi
s−1

e Second invariant of the strain rate:
√

1
2
eijeij s−1

~g(r) Gravity acceleration m s−2

g0 Scale factor/surface value gravity acceleration 1.62 m s−2

H(~C, t) Composition and time dependent internal heat production W kg−1

H0 Internal heating scale value W kg−1

h Domain height (=mantle depth) m
k(r) Thermal conductivity W m−1 K−1

P Thermodynamic pressure Pa
∂i∆P Dynamic pressure gradient: ∂i∆P = ∂iP − ρ0g(r)êri Pa m−1

qc(t) Average heat flow through the core-mantle boundary W m2

R Internal heating number: R = H0h
2

cpκ0∆T

Ra Thermal Rayleigh number: Ra = ρ0α0g0∆Th3

η0κ0

Rc Compositional Rayleigh number: Rc = ∆ρg0h
3

η0κ0

T Temperature K
∆T Temperature scale parameter 1650 K
Ts Surface temperature 250 K
T0 Dimensionless surface temperature: T0 = Ts

∆T
6.6

Tc Core temperature K
t Time s
~u Velocity vector m s−1

Vc Core volume 1.8×108 km3

α Thermal expansion coefficient K−1

α0 Thermal expansion scale factor 4×10−5 K−1

η(P, T ) Viscosity Pa s
η0 Viscosity scale value Pa s
∆ηp Viscosity contrast over the domain, due to pressure 10
∆ηT Viscosity contrast over the domain, due to temperature 1000
κ(r) Thermal diffusivity: κ = k

ρcp
m2 s−1

ρ0 Density scale factor kg m−3

ρCi
0

Density of composition Ci at surface temperature and pres-
sure

kg m−3

ρc Core density 5300 kg m−3

φi Volume fraction of composition component i
Φ Viscous dissipation Φ = ηe2 J m−3 s−1

Table 2.1: Explanation of the symbols used in this chapter. If a parameter is constant
troughout this thesis its value is given. Units for all parameters are given. However, note
that the parameters in the convection equations are dimensionless in the description in
this chapter.
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In addition to these convection equations, two more equations are needed. First, an
equation of state to describe the density as a function of composition and temperature,

ρ =

NC∑
i=1

φiρCi
0
(1− αi(T − Ts)) (2.6)

In the Chapter 8 where compressible models are used, density is varied with pressure
as well as temperature and composition. This description uses a different implementa-
tion with tables of pressure and temperature dependent parameters (density, thermal
expansion, specific heat). A more detailed description of this implementation will be
give in Chapter 8.

Finally, a description of the rheology is required. In our models, only diffusion
creep is considered, which is the predominant creep process in the relatively low
stress regime of the lunar mantle (Ranalli, 2001). We use a pressure and temperature
dependent viscosity, described as follows:

η(P, T ) = B(r) exp(bd− cT ), (2.7)

where b = ln(∆ηP ) and c = ln(∆ηT ). Further parameters are defined in Table 2.1.
To describe the high viscosity of the crust, the prefactor B(r) is taken a factor of
100 higher in a layer of 60 km thickness, compared to the value of η0 applied for the
underlying mantle.

2.2 Model setup

2.2.1 Domain geometry

For reasons of computational efficiency, all convection models in this thesis are two
dimensional models. Two different geometrical configurations have been used. A 2-D
cylindrical geometry with an aperture angle of either 180 or 360 degrees was used.
With an aperture angle of 360 degrees, the geometry does not have any artificial
boundaries that might influence the model through boundary effects. Due to the
2-D domain geometry used, the geometrical spreading in up- or downwelling flows is
reduced in comparison to the full 3-D case. As a result the thickening of a 30 km thick
layer sinking from beneath the crust to the core-mantle boundary is underestimated
by a factor of about 2.6 compared with the 3-D case (Chapter 4).

Another geometric effect that influences mainly the thermal evolution of the mod-
els, is the smaller surface/volume ratio of a 2-D geometry, compared to 3-D. This
causes slower cooling of a 2-D model if no scaling is applied. Scaling both the specific
heat and the internal heat production with a factor equal to the 3-D surface/volume
ratio over the 2-D surface/volume ratio solves this issue.

2.2.2 Boundary and initial conditions

The models in this thesis start from the time when the Lunar Magma Ocean has
completely crystallised. At this point, it is assumed that a stable anorthositic crust
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has formed (Snyder et al., 1992), which serves as an insulating layer on top of the
still relatively hot mantle. Therefore, a no-slip, zero velocity boundary condition is
applied to the top boundary. For the temperature boundary condition a temperature
of 250 K is chosen as a rough estimate for the average surface temperature.

In the models that focus on core formation in the early Moon (Chapter 4), no core-
mantle boundary is present. However, in the other models an Fe-FeS core with a radius
of 350 km is assumed and appropriate boundary conditions (free slip, impermeable)
are prescribed on the core-mantle boundary. This core radius is an intermediate value
based on estimates from studies with different techniques and data sources (Barkin
et al., 2006). The core is modelled as a heat reservoir (van den Berg et al., 2005),
that has an initial temperature of 1900 K and cools (or heats) over time depending on
the deep mantle temperature. This cooling (or heating) is described by the following
equation (Steinbach et al., 1993):

dTc
dt

= − Ac
ρccpcVc

qc(t) (2.8)

The core temperature is applied as a time dependent essential boundary condition for
the isothermal core-mantle boundary.

In the models of Chapters 5 and 8, where the aperture angle of the cylindrical
models is 180 degrees, two more boundaries are used that result from truncating the
domain. Free slip, impermeable and zero heat flux conditions are defined on these
boundaries.

The initial temperature condition consists of an adiabatic temperature profile with
a potential temperature of 1480 K, which is roughly similar to the solidus temperatures
of lunar mantle rocks and therefore appropriate for the early post-crystallisation stage
of the Moon (Spohn et al., 2001). Near the surface a 100 km thick thermal bound-
ary layer is used and in models with an Fe-FeS core another 100 km thick thermal
boundary layer is inserted at the core-mantle boundary.

The initial compositional setup varies between models, but is always based on the
layering, originating from the crystallisation of the lunar magma ocean. However, the
number of layers explicitely taken into account varies throughout the thesis chapters
and a detailed description of the compositional setup will therefore be given in each
chapter.

Two more parameters should be mentioned here. First, the gravity acceleration.
In most numerical models of the Earth’s mantle, this parameter is assumed to be
constant. Due to the small lunar core, this assumption cannot be made for the Moon.
Our models use a gravity acceleration that decreases with depth, but does not change
over time. A gravity profile, calculated from a simplified homogeneous mantle model
is used.

Second is the thermal conductivity. This parameter is taken at a constant value
of 4 W m−1 K−1 in the mantle. However, the anorthositic crust is modelled with a
lower value of 2 W m−1 K−1, which is a more realistic value for plagioclase (Sundberg
et al., 2009).
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2.3 Numerical methods

2.3.1 Solving the equations

The equations described in Section 2.1 form a set of non-linearly coupled partial
differential equations (PDEs). In relevant cases a numerical solution method is re-
quired. In this thesis the Finite Element Method (FEM) is used (Cuvelier et al.,
1986). The applied convection code is based on the finite element package SEPRAN
(http://ta.twi.tudelft.nl/sepran/sepran.html, see also van den Berg et al. (1993)).

A standard Galerkin approach is used to discretise Equations 2.2–2.3, resulting in the
following set of algebraic equations:

M ~̇T + S1
~T = ~R (2.9)

S2
~U − LT ~P = ~F (2.10)

An explanation of the symbols is given in Table 2.2. The continuity equation (Equation 2.4)
is accounted for by a coupling with the pressure field by a penalty method, assuming
∂juj = εpP with a small penalty parameter ε = 10−9. This way pressure is eliminated
from Equation 2.10 by expressing it in terms of the velocity through the modified continuity
equation (Cuvelier et al., 1986).

Matrix/vector Description

~F Righthand side of the momentum equation describing the buoy-
ancy forces

M Mass matrix
~P Dynamic pressure in the barycenters of the elements
R Righthand side of the energy transport equation related to internal

heating, viscous dissipation and adiabatic heating
S1, S2 Stiffness matrices for energy and Stokes equations
~T Temperature values at the nodal points of the finite element mesh

~̇T Time derivative of the temperatures in ~T
~U Velocity component values at the nodal points of the finite element

mesh

Table 2.2: Explanation of the matrices and vectors used for solving the PDEs of the
convection models.

Temperature and pressure are represented on a finite element mesh consisting of quadra-
tic Crouzeix-Raviart elements, meaning that pressure is taken constant within each element
(Cuvelier et al., 1986). To achieve a higher resolution for core formation and other processes
in the deep lunar mantle, element refinement towards the centre is used in the models without
a metallic core. In these models the radial element resolution in the centre of the model is
a factor 10 higher than the resolution at the surface.

The time-dependent Equations 2.9–2.10 are integrated, using an implicit Euler scheme.
A Predictor-Corrector time stepping scheme is generally more accurate, but also more time
consuming. Tests have been done to ensure that a small enough maximum integration time
step was used that the Euler solution is similar to a Predictor-Corrector solution.
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For the determination of the integration time steps a Courant-Friedrichs-Levy criterion is
used, which ensures that an imaginary particle would never travel further than one element
during one integration time step (van den Berg et al., 1993).

2.3.2 Composition

To describe the material composition in the context of our Eulerian convection models we
use an approach, based on Lagrangian tracer particles that are advected by the flow. Each
tracer carries information about the material composition and a composition vector field can
be determined by interpolation of the tracer coordinates and composition values, using a
Particle-in-Cell (PiC) interpolation (Hockney and Eastwood, 1988). This interpolation uses
a structured helpcell grid as an intermediate step in the interpolation to the finite element
mesh.

In models with a large core, an equidistant helpcell grid in (φ,r) coordinates can be used.
However, when the core is small or non-existent, such a grid results in very small cells near
the core-mantle boundary or the centre of the model, requiring a very high tracer resolution
to keep each cell filled with at least 1 tracer.

To avoid this problem the helpcell grid in our lunar models is defined in such a way
that all cells have a similar surface area, with the restriction that the number of cells can
only differ by a factor of two from one concentric ring to the next to meet this condition.
Therefore, each cell has either 4 (when the number of cells on the next row is the same)
or 5 (when the number of cells is doubled on the next row) nodal points. This results in a
helpcell grid with an increasing number of cells in the φ-direction when moving away from
the centre of the model. Figure 2.1 shows the first few rows of a helpcell grid to illustrate
this configuration. For models without a core, the bottom two nodal points of all cells on
the first row are on the same location, resulting in a triangular shape for those cells.
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Figure 2.1: Schematic figure of the nodal point configuration of the structured helpcell
grid. The gray area depicts a small core. Striped helpcells contain 5 nodal points related
to the doubling of the number of cells on the next row. Other helpcells contain only 4
nodal points.
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For the projection of the tracer values onto the helpcell mesh nodal points, bilinear basis
functions are used, such that the function value at point (r, φ) can be written as an expansion
in the interpolating basis functions, Nj :

f(r, φ) ≈ fh(r, φ) =

Nnod∑
j=1

fjNj(r, φ), (2.11)

where the number of nodal points, Nnod can be either 4 or 5.
The basis functions Nj can be specified in terms of natural coordinates on a standard

quadrilateral element, eu = {(ξ, η) ∈ [0, 1]× [0, 1]}, where the natural coordinates are defined
as

ξ =
φ− φ1

∆φ
, η =

r − r1

∆r
(2.12)

and (φ1, r1) is the lower-left point of the quadrilateral under consideration. Numbering the
nodal points for a four-point element in counter-clockwise orientation starting with the lower
left point we have (ξ1, η1) = (0, 0), (ξ2, η2) = (1, 0), (ξ3, η3) = (1, 1), (ξ4, η4) = (0, 1).

N1(ξ, η) = (1− ξ)(1− η) = λ1(ξ)λ1(η)
N2(ξ, η) = ξ(1− η) = λ2(ξ)λ1(η)
N3(ξ, η) = ξη = λ2(ξ)λ2(η)
N4(ξ, η) = (1− ξ)η = λ1(ξ)λ2(η)

(2.13)

where λ1(t) = 1− t and λ2(t) = t (Cuvelier et al., 1986).
In the case of a five-point element, a fifth point is added at (ξ5, η5) = (0.5, 1). In this

case the basis functions N1 and N2 are identical to Equation 2.13, whereas N3 to N5 are
now defined piecewise on the left and righthand half of the element (Hughes, 2000).

N3 =

{
0 , ξ < 1

2

(2ξ − 1)η = λ
′
2(ξ)λ2(η) , ξ ≥ 1

2

(2.14)

N4 =

{
(1− 2ξ)η = λ

′
1(ξ)λ2(η) , ξ ≤ 1

2

0 , ξ > 1
2

(2.15)

N5 =

{
2ξη = 2λ2(ξ)λ2(η) , ξ ≤ 1

2

2(1− ξ)η = 2λ1(ξ)λ2(η) , ξ > 1
2

(2.16)

These piecewise bilinear basis functions are shown in Figure 2.2.
The nodal point values fj in Equation 2.11 are computed by projecting tracer point

values f∗
k , k = 1, . . . , Np to the nodal points of the helpcell grid,

fj =

∑Np

k=1 f
∗
kNj(rk, φk)∑Np

k=1 Nj(rk, φk)
(2.17)

where (rk, φk), k = 1, . . . , Np are the tracerpoint coordinates. This way only tracers located
in the support of the jth basis function (i.e. the set of helpcells that contain gridpoint xj)
give a non-zero contribution to the gridpoint value fj .

Once the projection to this helpcell grid is done, the composition values are interpolated
from the helpcell grid to the finite element mesh. Thermophysical material properties in
our convection models, such as density, internal heating rate, thermal expansivity and spe-
cific heat can be parameterised in terms of alternative definitions of the composition vector
elements as volume fractions or mass fractions of the endmember compositions.
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(a) N1(ξ, η) (b) N2(ξ, η)

(c) N3(ξ, η) (d) N4(ξ, η)

(e) N5(ξ, η)

Figure 2.2: Basis functions of the 5-point transition element defined above.
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Chapter 3

Experimental techniques

Experimental data are essential for geodynamical modelling, as they provide constraints on
the input parameters for the numerical models. In this thesis, experimental work consists of
the determination of both physical and chemical properties of lunar materials at high pressure
and high temperature. In Chapter 6 the partitioning of elements between plagioclase and
co-existing silicate melt is studied at high temperature and atmospheric pressure, with a
focus on the behaviour of the main heat producing elements K, Th and U. In Chapter 7 the
thermal equation of state of ferrosilite is determined at simultaneous high temperature and
high pressure conditions using in situ synchrotron X-ray diffraction techniques.

Because experiments and numerical models are not commonly combined in one study, in
this chapter a short introduction to the experiments and a description of the experimental
methods will be given.

3.1 Mineral-melt element partitioning studies

An important concept in the study of the chemical evolution of magmatic rocks is the
partitioning of trace elements between minerals and silicate melts during crystallisation
or partial melting. A common model to rationalise mineral-melt distributions of elements
assumes that the energy required for an element to enter a specific location in a crystal
lattice, depends predominantly on the size and charge of the element and the dimensions
of the lattice site (Blundy and Wood, 1994). If the element is similar in size to the lattice
site, it will generally prefer the crystal over the co-existing melt and the element is called
compatible. Elements that do not fit so well, will concentrate mostly in the co-existing melt
and are called incompatible.

In this thesis, this concept is used to study the spatial distribution of the heat produc-
tion from radioactive elements (K, Th and U) in the Lunar Magma Ocean cumulates. From
petrological models and observations of the lunar surface, we know which minerals crystallise
from the initially fully molten magma ocean, and the concentrations of the radioactive el-
ements Th, U and K in one of the minerals, plagioclase (the main lunar surface mineral).
If we can constrain the partitioning behaviour of these elements between the different lunar
minerals and co-existing melt, concentrations of radioactive elements for each lunar interior
cumulate layer can be calculated (for additional details, see Chapter 6).

The partitioning behaviour of elements is quantified by the partition coefficient D, which
is defined as the ratio of the concentration (by weight) in the crystal and the concentration
in the coexisting melt. In the context of magma ocean crystallisation, the partition coef-

17
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ficients of the radioactive elements between plagioclase and melt are most important, as
their concentrations in plagioclase are the only concentrations that can be directly measured
on the surface of the Moon. These partition coefficients, specifically for the radioactive ele-
ments, are not well constrained from previous studies and have therefore been experimentally
determined in this thesis.

3.1.1 Experimental procedure

For our experiments, a mixture of synthetic components with compositions equal to those
of the minerals plagioclase and the clinopyroxene end-member diopside (CaMgSi2O6) was
used. This mixture is known to form plagioclase in equillibrium with a silicate melt at high
temperature (Kushiro, 1973). Adding the diopside component enables us to vary the plagio-
clase composition along its solid solution between end-members anorthite (CaAl2Si2O8) and
albite (NaAlSi3O8) without changing the pressure and temperature conditions of the exper-
iments. In partitioning experiments, the goal is to have a small amount of crystals (∼10%),
surrounded by a large pool of melt. The program MELTS (Ghiorso and Sack, 1995; Asimow
and Ghiorso, 1998) uses a large database of experimental data to determine the equillibrium
phases of a chosen start composition at a set temperature and pressure. Using this program
and some trial and error, bulk starting compositions were determined that should result in
approximately 10% melt.

Starting compositions are synthesised by mixing high purity oxide and carbonate pow-
ders. Once these powders are well mixed, the material is placed in a platinum crucible in a
high temperature furnace, slowly heated to drive off CO2 from the carbonates in the mix-
tures, and then melted for approximately 10 minutes, after which it is quickly quenched in
water to inhibit crystal formation. To promote homogeneity of the glass, the glass is then
ground to a fine powder and melted once more.

The final step of the preparation of the starting materials is to add the trace elements
for which we want to determine the partition coefficients. This is done using standard
solutions of 1000 ppm element concentrations dissolved in dilute nitric acid. After adding
these solutions to the powdered glass, the composition is placed in an oven above 60 ◦C to
evaporate the acid. Once the material is dry, it is melted once more in order to achieve trace
element homogeneity.

Figure 3.1: EVA high temperature furnace used in this study. Height approximately
60 cm.
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For the experiments, starting powder is loaded into a small platinum capsule with an
outer diameter of 2 mm and a length of approximately 6–7 mm. Platinum is chosen to
prevent reactions between the sample material and the capsule and because of the high
melting temperature of platinum, which is well above our experiment conditions. Capsules
are welded shut on both sides to prevent loss of volatile elements, in our case specifically
sodium. Several capsules with different starting materials are then hung from a platinum
wire which is strung over the top of a platinum crucible.

For the experiment, this setup is placed in a small, cubic, high-temperature furnace
(Figure 3.1). During the experiment, the samples are first heated to temperatures above
their liquidus temperature to remove any unwanted quench crystals that may have formed
during synthesis of the starting material. Next, the temperature is slowly decreased to the
final experiment temperature, which is between the solidus and liquidus temperature, to
induce plagioclase nucleation. Finally, the samples are kept at the experiment temperature
for several days to provide sufficient time for plagioclase crystal growth and mineral-melt
equillibration. At the end of the experiment, the samples are taken from the furnace and
quickly quenched in water to preserve the crystal-melt configuration of the experiment.

Melting times, cooling rates and the time required for crystal growth are determined by
trial and error. More details on the exact conditions used for the experiments are given in
Chapter 6.

3.1.2 Run product analysis

After the experiments, the samples are analysed on an electron microprobe. In an electron
microprobe, samples are bombarded by an electron beam, causing each element in the sample
to emit X-rays with their own characteristic energy and wavelength. The sample composition
can be determined from analysing the position of these X-rays and comparing their intensities
with X-ray intensities from known standard compositions. The sample preparation required
for these analyses consists of mounting the samples in epoxy and cutting them to expose
the largest possible area of sample material. Furthermore, the surface needs to be polished
to a very smooth finish and coated with an approximately 30 µm thin, conductive carbon
layer to prevent the sample from charging due to the electron bombardment. Mass balance
calculations from the microprobe analysis are used to determine the proportion of crystals
formed during the experiments and to determine the major element composition of both
glass and crystals.

The final step in the determination of partition coefficients is to determine the concen-
tration of trace elements in both crystals and melt. Concentrations of the trace elements
are generally too low to be measured by electron microprobe. In our case a technique called
Laser Ablation Inductively Coupled Plasma Mass Spectrometry (LA-ICP-MS) is used. This
technique uses a laser beam to ablate small amounts of material from the crystal of melt
phases of the sample. The extracted material is then broken apart in a plasma and fed into
a mass spectrometer for determination of the composition. With this technique, element
concentrations at levels down to several parts per million can be measured. From the crystal
and melt concentrations measured with this technique, mineral-melt partition coefficients
are calculated.

3.2 Thermal equation of state determination

A thermal equation of state describes the density of a mineral as a function of tempera-
ture and pressure. Since each mineral responds differently to pressure and/or temperature
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changes, the density differences between minerals change when pressure and temperature
conditions change. These relative density contrasts and density differences within a mineral
layer, due to different temperatures and pressures at the top and bottom of the layer, are
the driving force behind convective flow. In detailed convection models, accurate knowledge
on the thermal equations of state of all minerals involved is therefore essential. An equation
of state of a mineral can be experimentally determined using in situ unit-cell volume mea-
surements at simultaneous high temperature and high pressure. In this thesis such a study
has been performed on both synthetic orthoferrosilite (FeSiO3) and a natural orthopyroxene
(Chapter 7), as iron-rich orthopyroxene is an important component in the interior of the
Moon.

For these experiments, both a synthetic sample and a natural sample were used. As
described in Section 3.1.1, the synthetic sample was synthesised from high purity oxide pow-
ders. However, orthoferrosilite had to be synthesised at high pressure and high temperature
conditions, as this mineral is not stable at room temperature and atmospheric pressure. Fur-
thermore, to simulate lunar materials as closely as possible, the amount of Fe3+ had to be
limited, since this only forms in oxygen-rich environments which do not occur in the Moon.

To be able to meet both conditions of high pressure and low oxygen, the sample prepara-
tion was split in two parts. In the first step, fayalite (Fe2SiO4) was produced. The chemical
composition of fayalite differs from ferrosilite only in the proportion of silica. The starting
powders for this mineral were heated in a vertical gas-mixing furnace, in which the amount of
oxygen is controlled by a gas flow with a controlled ratio of CO:CO2. The fayalite, produced
in this manner, has a very low Fe3+/

∑
Fe ratio. This material is ground to a fine powder

and mixed with SiO2-powder. This powder is then pressurised to 2 GPa in a high-pressure
apparatus and heated to 1000 ◦C, well within the stability field of orthoferrosilite. At these
conditions ferrosilite is formed according to the following reaction:

Fe2SiO4 + SiO2 ↔ 2FeSiO3 (3.1)

Fayalite + Quartz↔ 2 Ferrosilite

Figure 3.2: Picture of the experiment assembly. On top is a welded thermocouple,
in the middle all the parts of the assembly and a completed assembly is shown at the
bottom. The brown boron-epoxy cube has an edge length of 8 mm.
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Figure 3.3: Picture of the multi-anvil setup at HASYLAB. The beam comes in from
the left. The lead tube leads the beam to the sample which is in between the large steel
blocks. Part of the CCD detector, used to analyse the X-rays diffracted by the sample
in the press, is just visible on the right side of the picture.

The material is left at these conditions for approximately 24 hours and is then quenched to
prevent the reaction in Equation 3.1 from reversing. For the natural material, a small piece
of the sample was simply crushed to a fine powder, which was then ready for experimental
use.

In the high pressure apparatus used for the experiments in this study, a cubic sample
assembly is compressed from all sides by six tungsten carbide anvils. The assembly consists
of several ceramic pieces as shown in Figure 3.2. A boron-epoxy cube distributes the pressure
evenly over the sample material. Inside this cube is a graphite cylinder which, due to its
electrical resistance, functions as a heater when a current is sent through it. An inner cylinder
made of boron nitride is added to prevent the iron from the sample material from interacting
with the rest of the assembly. Grey pyrophillite disks function as filler material, whereas two
copper rings are needed for the electrical conductance to the graphite heater. Two wires pass
through the sides of the assembly, and are welded together in the center of the assembly,
forming a thermocouple to monitor and control temperature during the experiments.

To experimentally determine the density of a mineral at high temperature and high
pressure, mineral unit-cell volumes are measured using X-ray diffraction methods. To be
able to measure the interaction between the X-ray beam and the sample, highly brilliant X-
ray sources are required. Conventional X-ray diffraction equipment cannot produce X-rays
that are able to penetrate the assembly parts shown in Figure 3.2 with sufficient intensity.
The experimental setup for the heating and pressurizing of the sample is designed to minimize
the amount of material that stands between the beam and the sample, and to minimize the
mean atomic number of that material. The experimental setup is located between the beam
and a solid state CCD detector which detects the extent to which X-rays are diffracted by
the sample (Figure 3.3). The energy spectrum, collected by this detector can be fitted to
theoretically calculated spectra to determine mineral unit cell dimensions.

Once a large enough set of unit cell dimensions for different pressure and temperature
conditions has been obtained, a thermal equation of state can be fitted to the data points.
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Chapter 4

Formation and evolution of a lunar
core from ilmenite-rich magma
ocean cumulates

Abstract

In the absence of comprehensive seismic data coverage, the size, composition and physical
state of the lunar core are still debated. It has been suggested that a dense ilmenite-rich
layer, which originally crystallised near the top of the lunar magma ocean, may have sunk
to the centre of the Moon to form either an outer core, surrounding a small metallic inner
core, or a complete core if the lunar metallic iron content is insignificant.

Here we study the formation, gravitational stability and thermal evolution of both an
ilmenite-rich outer core and a full ilmenite-rich core, using a two-dimensional cylindrical
thermo-chemical convection model. Gravity acceleration in the lunar mantle decreases
quickly with depth. Since the gravity acceleration directly influences the buoyancy of mate-
rials, the low gravity acceleration near the centre was explicitly taken into account.

Core formation and evolution were investigated by assessing the effects of varying two
parameters, the Mg# (density) and the internal heat production of the ilmenite-rich layer.
Varying these parameters changes the compositional and thermal buoyancy of the dense
layer.

Models show that a stable ilmenite-rich (outer) core may indeed have formed in the lunar
interior and that its density depends on the internal heating in and the Mg# of the ilmenite-
rich layer. Furthermore, the sharpness of the core-mantle boundary is shown to depend on
the internal heat production in the ilmenite-rich material. Surprisingly, a higher internal
heat production results in a sharper core-mantle boundary and a higher ilmenite content in
the core. This is caused by lower viscosities as a result of higher temperatures. Although
maximum core temperatures vary between different models by 700–1000 K around 2 Gyr
after the start of the models, present-day estimates vary by only about 350–500 K. Further
narrowing of the range of internal heating values is essential for a better determination of
both the present day lunar core temperature and its physical state.

This chapter has been published as: J. de Vries, A.P. van den Berg and W. van Westrenen,
Formation and evolution of a lunar core from ilmenite-rich magma ocean cumulates, Earth Planet.
Sci. Lett., 292, p.139–147, 2010
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4.1 Introduction

The chemical and mineralogical make-up of the lunar surface have been studied extensively
by manned missions and lunar rovers as well as with the use of satellites and from earth
based stations (e.g. Jolliff et al., 2006). Based on these measurements theories on the origin
and evolution of the Moon have been constructed and rejected.

The theory that the Moon originated from an impact of a Mars-sized object onto the
proto-Earth, first proposed by Hartmann and Davis (1975) and Cameron and Ward (1976)
is now generally accepted. Debris from this impact came into orbit around the Earth and
accreted to form the beginning of our present-day Moon. This theory fits with the assumption
of hot accretion (Canup, 2004, 2008).

The fact that the lunar highlands consist mainly of the low density mineral plagioclase
led to the theory that the Moon must have accreted hot enough to develop a global magma
ocean, the socalled Lunar Magma Ocean (LMO) (Wood et al., 1970; Smith et al., 1970).
During the cooling of the LMO a layered mantle composition is thought to have evolved
due to fractional crystallisation, e.g. Hess and Parmentier (1995). Petrologic studies (e.g.
Snyder et al., 1992) have shown that this layering will consist of thick layers of olivine
and orthopyroxene at the bottom (each containing about 40% of the original magma ocean
material), after which plagioclase crystallises and floats (due to its low density) to form
a proto-crust with a thickness of the order of several tens of kilometres. Finally, ilmenite
crystallises, just below this crust (Snyder et al., 1992). The thickness of each layer depends
on the depth and the chemical composition of the original magma ocean, neither of which
is very strongly constrained (Shearer and Papike, 1999).

Since ilmenite (nominally (Fe,Mg)TiO3) contains large amounts of iron and titanium, this
late-crystallising layer has a relatively high density compared to the other layers (Tronche
et al., 2010). Its stratigraphic position on top of lower density layers in the lunar mantle
is thought to have caused an overturn, due to gravitational instability. The dynamics of
this overturn depend largely on the densities of the different lunar minerals and the density
contrast between the ilmenite-bearing layer and the underlying minerals, mainly olivine and
pyroxene.

It has been suggested that overturn of the lunar mantle caused (partial) remelting of
mantle cumulates, eventually leading to the eruption of mare basalts at the surface (e.g.
Shearer and Papike, 1999). Lunar basalts contain up to 16 wt.% TiO2 (Delano and Livi,
1981), which must have its origin in Ti-rich materials like ilmenite or armalcolite (Thacker
et al., 2009). However, since titanium is a very heavy element it is not easy to explain
how such large quantities can be found at the lunar surface. It has been suggested that
titanium from ilmenites, sinking down through partial melts caused by the overturn, may
have dissolved in and been borne to the surface with those melts, to crystallise on the lunar
surface as Ti-rich basalts (Hess, 1991; Wagner and Grove, 1997). However, since lunar
basalts are not saturated in TiO2, a significant part of the ilmenite must probably have been
transported to larger depths before partial melts started to appear.

Several previous studies have focused on the origin of the basalts and the amount of
titanium in their sources (e.g. Snyder et al., 1992; Singletary and Grove, 2008; Elkins-Tanton
et al., 2002; Ziethe et al., 2009). Others studied the timing and spatial distribution of the
ascent of previously sunken ilmenite-rich material due to a radiogenic heat-induced density
decrease, possibly explaining the age and the depth of origin of the lunar basalts as well as
the lunar asymmetry and the ancient lunar magnetic field (Zhong et al., 2000; Parmentier
et al., 2002; Stegman et al., 2003). Here we asses the fate of the material that sank in the
earliest stages of mantle overturn and may have taken large amounts of titanium away from
the sources of lunar basalts.
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The possibility that sinking ilmenite-rich material formed a core or an ilmenite-rich layer
surrounding a previously formed metallic core has been suggested (Hess and Parmentier,
1995). The main constraints on the size and composition of the (outer) core are the moment
of inertia (e.g. Konopliv et al., 2001), which puts constraints on the density distribution in
the Moon, and indications that the present day lunar core may be (partly) liquid (Williams
et al., 2001), which puts constraints on the temperature and composition of the core. These
constraints are not strong enough to exclude either one of the proposed core models. How-
ever, an ilmenite-rich (outer) core not only requires the sinking of the ilmenite-rich material,
but also the formation of a stable layer from this material. This stability constraint is not
trivial. Studies of trace element incorporation into ilmenite and clinopyroxene show that
these phases (the two main phases in the ilmenite-rich layer) are enriched in heat-producing
elements such as Th and U (Klemme et al., 2006; McDade et al., 2003). This is caused
by the general incompatibility of Th and U in early-crystallising LMO minerals, combined
with the late crystallisation of the ilmenite-rich layer. Radioactive decay of these elements
might cause preferential heating of the ilmenite-rich layer, possibly resulting in a decrease
in density of this layer, large enough to make an early lunar (outer) core unstable.

Another issue, that often comes up when discussing the lunar core composition, is much
less agreed upon. Some of the rock samples, found on the lunar surface, seem to have a
magnetic remanence of 10–100 µT (Lawrence et al., 2008). It has been suggested that this is
caused by the existence of a lunar dynamo 3.9–3.6 Gyr ago (Cisowski et al., 1983; Collinson,
1993) or maybe even earlier around 4.2 Gyr ago (Garrick-Bethell et al., 2009).

However, a recent study that re-evaluated available remanent magnetisation data in
lunar crustal rocks argues that there may not have been a period in lunar history where the
surface magnetisation was elevated due to a lunar dynamo (Lawrence et al., 2008). Their
new measurements and re-evaluation of the reliability of the old data do not support the
existence of a 3.9–3.6 Ga lunar dynamo with large surface fields. Other authors arguing
against a lunar dynamo (e.g. Hood and Artemieva, 2008) suggest that impacts, combined
with an interplanetary magnetic field can have a large magnetisation effect on surface rocks.
These authors show that convergence of impact ejecta, containing ionised vapour and melt,
on the antipode of the impact can increase the magnetic intensity up to 10–200 µT at the
surface, consistent with observations.

If a lunar dynamo has been operable, the Moon must have had a liquid conducting core
during that period. A fluid metallic core may seem the most plausible choice here, but
Wieczorek et al. (2006) suggest that a liquid silicate core could also be a strong enough
conductor to be the source of a lunar dynamo. However, it remains unclear whether an
ilmenite-rich core can be kept molten until present (Hood et al., 1999) as required from
Lunar Laser Ranging data (Williams et al., 2001).

In this paper we use thermo-chemical convection modelling to assess whether an ilmenite-
rich (outer) core can indeed form following crystallisation of the LMO, how it evolves ther-
mally and how stable the result is. Both models with and without a metallic inner core
have been investigated. For both core scenarios, four models will be discussed with different
thermal and compositional buoyancy of the ilmenite-rich layer. The thermal evolution of the
core is relevant for the determination of the temperature and the physical state of the lunar
core and the question whether the present day core is (partly) molten or not.

4.2 Model description

A two-dimensional cylindrical mantle convection model with an aperture angle of 360 degrees
is used. A cylindrical geometry was preferred over an axisymmetric geometry, as used by
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for example Zhong et al. (2000); Parmentier et al. (2002), due to the less realistic planform
of convection in axisymmetrical models, caused by the rotational symmetry and artificial
boundaries (van Keken, 2001). At present, the use of full 3D models, as done by for example
Stegman et al. (2003) for shorter time periods, is still considered a computational challenge
for the full 4.5 Gyr of lunar evolution.

The convection equations for an incompressible, infinite Prandtl number fluid are solved
on a finite element mesh, using an extended Boussinesq approximation, which includes both
viscous dissipation and adiabatic heating (Steinbach et al., 1989). Phase transitions have
not been included in these models since the pressure range in the Moon is limited to 5–
6 GPa, which is well below the pressure in the Earth’s transition zone. The finite element
code that is used for our models (van den Berg et al., 1993) is based on the SEPRAN
finite element package (http://dutita0.twi.tudelft.nl/sepran/sepran.html). The finite
element mesh, used in our models, was refined towards the centre of the model, to accurately
describe core formation, while keeping the number of elements computationally manageable.
The total number of elements used is ∼20,000. Resolution tests are discussed in Section 4.3.2.

The convection equations have been non-dimensionalised using the domain height h for
spatial scales, the thermal diffusion time h2/κ0 for time scales and an initial temperature
difference over the domain ∆T for the temperature scales. The non-dimensional equations are
described below, followed by a detailed model specification, including boundary conditions
and an overview of the parameters that are varied between models.

4.2.1 The non-dimensional model equations

The model equations are based on conservation of energy, momentum and mass. In addi-
tion, an equation is needed to describe the transport of material properties related to the
compositions in our model. These equations in their non-dimensional form are described as
follows.

The energy equation

DT

Dt
= αg(r)Di(T + T0)w +

Di

Ra
Φ (4.1)

+∂j(κ(d)∂jT ) +RH,

describes the rate of change of the temperature due to adiabatic heating, viscous heating,
conductive heat transport and internal heating from radiogenic sources. D ·/Dt is the
material derivative (D ·/Dt = ∂ ·/∂t+ uj∂j ·). An explanation of the symbols used in this
and subsequent equations is given in Table 4.1. The momentum equation

∂j(η(P, T )eij)− ∂i∆P = g(r)êri(αRaT −RcC), (4.2)

describes the force balance: viscous and gravitational stresses are in equilibrium with the
local dynamic pressure gradient. The viscosity in this equation is defined as:

η(P, T ) = η0 exp(bd− cT ), (4.3)

where b = ln(∆ηp) and c = ln(∆ηT ).
And finally, the mass conservation equation

∂juj = 0. (4.4)

Composition in our models is described with 1 × 106 tracer particles that are advected
by the flow, using particle in cell interpolation (Hockney and Eastwood, 1988). Particle
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Parameter Meaning Value

A Surface area core-mantle boundary 7.7×105 km2

C Composition parameter
cp Specific heat
cpc Specific heat of the core 675 J kg−1 K−1

d Depth coordinate

Di Dissipation number: Di = α0g0h
cp

eij Strain rate tensor: eij = ∂ui
∂xj

+
∂uj

∂xi

e Second invariant of the strain rate:
√

1
2
eijeij

g Gravity acceleration
g0 Scale factor/surface value gravity acceleration 1.62 m s−2

H(C, t) Composition and time dependent internal heat produc-
tion: H(t) = H0 exp(−t/τ)

H0 Internal heating at t=0
τ Decay time of radioactive heating 2.3365 Ga
h Domain height (=mantle depth)
k(d) Thermal conductivity
qc(t) Average heat flow through the core-mantle boundary

R Internal heating number: R = H0h
2

cpκ0∆T

Ra Rayleigh number: Ra = ρ0α0g0∆Th3

η0κ0

Rc Compositional Rayleigh number: Rc = ∆ρg0h
3

η0κ0

T Temperature
∆T Temperature scale parameter 1650 K
Ts Surface temperature 250 K
T0 Dimensionless surface temperature: T0 = Ts

∆T

Tc Core temperature
t Time
Vc Core volume 1.8×108 km3

w Radial velocity
α Thermal expansion coefficient 4×10−5 K−1

η(P, T ) Viscosity
η0 Viscosity scale value
∆ηp Viscosity contrast over the domain, due to pressure 10
∆ηT Viscosity contrast over the domain, due to temperature 1000
κ(d) Thermal diffusivity: κ = k

ρcp

ρ0 Background mantle density
∆ρ Density contrast between ilmenite-rich layer and back-

ground
ρc Core density 5300 kg m−3

Φ Viscous dissipation Φ = ηe2

Table 4.1: Explanation of the symbols used in the governing equations. All parameters
in the equations are dimensionless. If a parameter is constant troughout all models its
value with dimension is given.
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transport is described by the non-diffusive transport equation

DC

Dt
= 0, (4.5)

where composition parameter C is related to density as

ρ = ρ0(1− α(T − Ts) + ∆ρC). (4.6)

In addition to density, the internal heat production (described in Section 4.2.2) is the
only variable that depends on the composition.

4.2.2 Boundary conditions and parameter choices

The thermal boundary condition used in our models is a prescribed temperature of 250 K
at the surface. In the case of a model with a metallic inner core, this core is modelled as an
isothermal heat reservoir. The temperature of this core depends on the average heat flow
through the core-mantle boundary (van den Berg et al., 2005). This is described by the
following equation (for symbol explanations, see Table 4.1):

dTc
dt

= − A

ρccpcVc
qc(t) (4.7)

The mechanical boundary condition is no-slip on the top boundary. The 60 kilometre
thick crust is modelled with a low thermal conductivity of 2 W m−1 K−1 compared to
4 W m−1K −1 for the mantle. Schumacher and Breuer (2006) have shown that this results
in higher mantle temperatures. The higher viscosity of the crust, compared to the mantle,
is reflected by a 1,000 times higher pre-exponential factor, η0.

(a) Metallic inner core (b) No inner core

Figure 4.1: The initial compositional setting. The red material is the dense ilmenite-
rich layer. Blue is background peridotite-like material.
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In the case of a model with a metallic inner core, a free slip boundary condition is used
for the core-mantle boundary. An inner core radius of 350 kilometres is used for the models
with a metallic inner core. This is an intermediate value from several estimates of the core
size, using different techniques and data sources, e.g. Khan et al. (2007); Kuskov et al.
(2002); Williams et al. (2001); Konopliv et al. (1998).

Two different compositional domains are modelled: an ilmenite-rich layer which is placed
at a depth of 120 kilometres in the initial setup (Figure 4.1) and a homogeneous background
with a density roughly equal to peridotite (adapted according to the known lunar mass and
densities of the core and the ilmenite-rich layer). The ilmenite-rich layer is not placed directly
below the crust as suggested by petrological LMO crystallisation studies (e.g. Snyder et al.,
1992) to prevent modelling problems due to the large viscosity jump at the bottom of the
crust. A layer thickness of 60 kilometres was chosen for the ilmenite-rich layer, which is
roughly twice the size that is usually assumed for this layer (Hess and Parmentier, 1995).
This choice was made largely due to geometry reasons, as discussed in Section 4.3.3. The
density of the ilmenite-rich layer is varied between models, by varying the Mg# of the
minerals in this layer (Section 4.2.2).

The other free parameter in these models, the internal heating, is distributed over three
layers with different heat production: crust, mantle and ilmenite-rich layer. The 60 kilome-
tre thick crust is not different in density in our models, but it does have a separate heat
production. The crustal heat production is varied to keep the bulk heat production of each
model constant when the heat production of the ilmenite-rich layer is varied (Section 4.2.2).

Composition of the ilmenite-rich layer

The density contrast between the ilmenite-rich layer and the background mantle material will
determine the dynamics of the sinking layer and influence the possible core formation. The
density of the ilmenite rich layer depends on several factors, including its modal mineralogy
and mineral chemical composition. The latter is mainly controlled by mineral magnesium
numbers, Mg# (Mg#= Mg

Mg+Fe
× 100%).

Estimates for the mineral modes and Mg# in the ilmenite-rich layer are provided by
Snyder et al. (1992). They assume a bulk composition for the magma ocean slightly modi-
fied from Buck and Toksöz (1980) and calculate that ilmenite crystallises from the magma
together with pigeonite (a low-Ca clinopyroxene), plagioclase and clinopyroxene. Since pla-
gioclase has a very low density it will rise through the remaining LMO magma to be added
to the crust, formed from earlier crystallised plagioclase. The two clinopyroxenes will form
a layer together with the ilmenite on top of the already crystallised mantle. According to
Snyder et al. the ilmenite represents 11 wt.% of these last four minerals crystallising. This
means that after plagioclase flotation, approximately 16 wt.% of the ilmenite-rich layer is
ilmenite.

This estimate is slightly higher than the estimate made by Hess and Parmentier (1995)
of 10–15 wt.%. This is mainly caused by a different assumption for the LMO composition.
Snyder et al. assume a TiO2 content of the LMO of 0.4 wt.%, while Hess & Parmentier use
0.2–0.3 wt.% in their calculations. In addition, a deeper magma ocean is assumed by Hess &
Parmentier, resulting in a slightly thicker ilmenite-rich layer with a lower wt.% of ilmenite.

Mineral Mg# numbers decrease during progressive crystallisation of a magma ocean,
due to the larger incompatibility of Fe compared to Mg. Fe will preferentially remain in the
melt and its concentration will therefore be higher in the later crystallising minerals. Thus
the Mg# of the ilmenite rich layer will be relatively low. Figure 4 of Snyder et al. shows a
decrease in Mg# from 40 to 0 during the crystallisation of the last 10% of the magma ocean.
This large variation has a strong influence on the density of the ilmenite-rich layer.
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In our models, the density of the ilmenite-rich layer is calculated assuming a constant
ilmenite density of 4800 kg/m3 and a pyroxene density dependent on the Mg#. In every
model, independent of the layer thickness used, the same volume of pure ilmenite is used,
while the rest of the layer consists of pyroxene. A weighted mean of the ilmenite and pyroxene
densities is then calculated to determine the density of the ilmenite-rich layer.

A mean Mg# for the ilmenite-rich layer of 20 is used as a reference in our models and
the influence on the model behaviour of increasing the Mg# to 40 is studied.

Internal heating in the ilmenite-rich layer

The other important parameter that will be studied is the internal heat production in dif-
ferent layers in the lunar interior. Internal heat production influences both the thermal
buoyancy and the temperature dependent viscosity and will therefore also influence the dy-
namics of lunar core formation.

The concentrations and distribution of radiogenic heat producing elements (K, U, Th) in
the lunar interior are poorly constrained. In principle, observed surface concentrations of K,
U and Th (Gillis et al., 2004; Prettyman et al., 2007; Korotev, 1998) could be combined with
a petrological model for the crystallisation of the magma ocean and appropriate mineral-melt
partition coefficients to calculate the heat production for the different layers that crystallised
from the LMO. However, available data on partition coefficients is scarce and surprisingly
inconsistent.

In the absence of more accurate estimates, we assigned a different heat productivity to
each of the three layers: crust, ilmenite-rich layer and mantle. An initial bulk heat production
of 24×10−12 W/kg was used, as calculated from the fuelmix used by Spohn et al. (2001).
They also estimate a depletion factor of 32 for the mantle compared to the crust. From
this factor and an assumed crustal thickness of 60 kilometres, a mantle heat production of
6×10−12 W/kg was calculated. The remainder of the heat production was divided over the
crust and the ilmenite-rich material. Our choices for the different divisions of radioactive
material over crust and ilmenite-rich material are meant to asses the first-order effects of
different heat production profiles, not to compare realistic scenarios, since there is simply
not enough data available to determine such scenarios.

Two different internal heating distributions are studied to determine the importance of
the influence of this parameter on core formation, stability and evolution. A description of
these models is given in Table 4.2.

For both model configurations with and without a metallic inner core four models are
studied, in which these two internal heat production distributions are combined with the two
values for the Mg# of 20 and 40. An overview of these eight models is given in Table 4.3.

Internal heating model Low High
Crust 23.4 15.6
Ilmenite 4.26 12.0
Mantle 1 1

Table 4.2: Parameter values of the different internal heating models, defined as scale
factors with respect to the bulk mantle. The overall initial mantle heat production is
6.109×10−12 W/kg. The initial heat production of each layer can be calculated from
this value by multiplying with their respective values in the table.
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Name metal Mg# Hilm dilm
core

MC-M20-Hh-d60 yes 20 High 60 km
MC-M20-Hl-d60 yes 20 Low 60 km
MC-M40-Hh-d60 yes 40 High 60 km
MC-M40-Hl-d60 yes 40 Low 60 km
NC-M20-Hh-d30 no 20 High 30 km
NC-M20-Hh-d120 no 20 High 120 km
NC-M20-Hh-d60 no 20 High 60 km
NC-M20-Hl-d60 no 20 Low 60 km
NC-M40-Hh-d60 no 40 High 60 km
NC-M40-Hl-d60 no 40 Low 60 km

Table 4.3: Overview of all models used in this study.

4.2.3 Comparison constant/variable gravity acceleration

Most planetary convection models assume a constant gravity acceleration in the planetary
mantles. For the Earth’s mantle, this assumption is a reasonable approximation. However,
due to the fact that the Moon has a very small (if any) core, amounting to only a few percent
of the total volume, this is not valid for our models. Gravity acceleration decreases to 50%
of the surface value from the surface to a core-mantle boundary at 1388 kilometres depth
(core radius 350 kilometres).

To study the influence of including a depth dependent gravity acceleration, a compar-
ison was made between a model with a metallic inner core with a radius of 25 kilometres
and a constant gravity acceleration and a similar model with a depth dependent gravity
acceleration.

4.3 Results

This section is split up in five parts. First, the effect of a constant or depth dependent
gravity acceleration is studied. Then, a resolution test will be discussed, followed by a study
on the influence of the thickness of the ilmenite-rich layer. Finally, the influences of a change
in Mg# and internal heat production in models with and without a metallic inner core are
explored.

4.3.1 Gravity acceleration

The influence of a depth dependent gravity acceleration compared to a constant gravity accel-
eration equal to the surface value of 1.62 m s−2 is studied, using a model with a 25 kilometre
core radius, high internal heat production, Mg# 20 and a 60 kilometre thick ilmenite-rich
layer. This model has been done with a constant gravity acceleration value of 1.62 m s−2

and a depth dependent gravity acceleration. Since the largest effect is to be expected in the
centre of the model only a small core was used. Removing the core completely would, for the
model with a constant gravity acceleration, result in an undefined direction for the gravity
acceleration in r=0 and is therefore not possible for these models.
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The results show that a constant gravity acceleration results in a more ilmenite-rich core.
This is caused by the fact that the negative buoyancy of the ilmenite-rich material near the
centre of the model is enhanced by the high gravity acceleration value in the constant gravity
model compared to the depth dependent gravity model (see Equation 4.2).

These results clearly show that taking radial gravity variation into account is essential
in modelling lunar interior dynamics. All subsequent models, presented here, use depth-
dependent gravity acceleration.

4.3.2 Resolution test

To make sure that the numerical resolution in our models is high enough, several models
have been run with lower resolution in both the finite element mesh and the number of
tracers describing the composition. These models have been done with a 30 kilometre thick
ilmenite-rich layer, since these are the models that require the highest resolution.

Using 17 000 elements in the finite element mesh instead of 20 000 (15% decrease) did
not visibly influence the results. Using the mesh resolution of 20 000 elements but 8 × 105

tracers instead of 1 × 106 (20% decrease) also did not show any significant difference in the
results. These results indicate that an increase in model resolution is unlikely to result in a
significantly different model outcome.

4.3.3 Layer thickness

A 30 kilometre thick layer, sinking to form a core in a 3D model, will form a core with a
much larger core radius, than the same layer in a 2D model. The maximum core size in a
3D model, assuming that the core is formed purely of this 30 kilometre thick layer, is about
614 kilometres. In 2D this same layer would form a core with a maximum radius of only 310
kilometres. Because of this geometry effect, the influence of the thickness of the ilmenite-rich
layer in our models is studied. Figure 4.2 shows core formation for ilmenite-rich layers with
a thickness of 30, 60 and 120 kilometres.

Using a 30 kilometre thick ilmenite-rich layer, a small core with small amounts of ilmenite-
rich material forms. However, this core deforms easily due to velocities in the surrounding
mantle material. Increasing the thickness of the ilmenite-rich layer, results in a denser and
more stable core.

This indicates that stable core formation requires a critical minimum amount of dense
material. Since the amount of core material in a realistic 3D geometry would be larger than
the amount of material available in 2D, the thickness of the 2D layer should be increased to
achieve realistic core formation models. Therefore, a 60 kilometre thick ilmenite-rich layer is
used in the following models. The density contrast of this layer and the background density
is similar to the density contrast of a 30 kilometre thick layer in 3D.

4.3.4 Pre-formed metallic core

In the first set of model experiments we study the formation of an ilmenite-rich outer core,
surrounding a metallic inner core. This inner core has a radius of 350 kilometres and a
density of 5300 kg/m3, consistent with a Fe-FeS eutectic core (Barkin et al., 2006; Sanloup
et al., 2000). Interpolation of experimental data by Fei et al. (1997) indicates that this core
has a sulfur content of about 25 wt.% at 5 GPa, the pressure in the centre of the Moon.
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(a) Ilmenite-rich layer thickness: 30 km

(b) Ilmenite-rich layer thickness: 60 km

(c) Ilmenite-rich layer thickness: 120 km

Figure 4.2: Core formation for 2D models with different thicknesses of the ilmenite-
rich layer. Blue indicates pure peridotitic material (value 0.0), red pure ilmenite-rich
material (value 1.0).
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Outer core formation and stability

The formation and stability of an ilmenite-rich outer core is studied with four models with
the two different values for the Mg# of the ilmenite-rich layer and two different internal
heat production models (see Table 4.3). Figure 4.3 shows azimuthally averaged composition
profiles for these four models after approximately 4.5 Gyr of evolution, i.e. approximately
the present day situation.

Figure 4.3: Present-day compositional profiles of four models with varying Mg# and
internal heating (Hlow models have an initial heat production rate of 26×10−12 W/kg
in the ilmenite-rich layer, in the Hhigh models this heat production is about 3 times
larger.) A description of the internal heating models is given in Table 4.2. For further
model descriptions see Table 4.3. The profiles are calculated by azimuthally averaging
the composition value over the full domain. Only the bottom part is shown to focus
on the core formation. Composition varies between 0, pure peridotitic material and 1,
pure ilmenite-rich material.

The inset in Figure 4.3 shows that both a lower Mg# (higher density) and a higher
internal heating in the ilmenite-rich layer result in a higher composition value (by 2–4%) for
the outer core. This means that there is a larger proportion of ilmenite-rich material and a
smaller proportion of background material in the layer bordering the metallic inner core.

The first effect is not unexpected: if the density contrast between the ilmenite-rich
material and the background material is larger, the dense material will have a larger negative
buoyancy, resulting in a greater gravitational stability of the outer core layer and a smaller
degree of mixing with the background material. The observation that the outer core becomes
denser, when the ilmenite-rich material produces more radiogenic heat is suprising, since
higher temperatures cause a larger positive buoyancy. This is an effect of the viscosity
decrease that accompanies the higher temperatures. This leads to higher overturn velocities,
causing material to sink faster and segregate more efficiently.

Another observation with respect to Figure 4.3 is that the composition values away from
the core do not reach zero within the time window shown. This means that a finite degree
of mixing and a composition gradient survive, even after 4.5 Gyr of lunar interior evolution.
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Thermal evolution

To compare the thermal evolution of the metallic inner core in the different models, Figure 4.4
shows the mean inner core temperature for all four models, i.e. the temperature of the
isothermal heat reservoir.

Figure 4.4: The mean inner core temperature as a function of time for all four models.
For model description see Table 4.3.

The models with a high internal heat production in the ilmenite-rich layer show very
high core temperatures of 2400–2700 K around 1.5–2 Gyr, compared to the other two models
which show core temperatures of 2000–2100 K. However, the final (present day) temperature
differs only about 350 K between the hottest and the coldest model. The models that heat
up quickly, due to the higher heat production in the overlying ilmenite-rich layer, also cool
down more rapidly.

The heat production in the ilmenite-rich material produces more heat than can be con-
ducted to the mantle background, resulting in heat being trapped in the ilmenite-rich layer
and the layer and the core beneath it heating up. This causes large temperature contrasts
between the ilmenite-rich layer and the overlying mantle. Once the heat production has de-
creased enough due to the decay of its source, the radioactive elements, conductive cooling
becomes quicker than the radioactive heat production and the ilmenite-rich material and
the underlying core can start cooling. Conductive cooling is faster when the temperature
contrast is larger. In the case of high internal heating in the ilmenite-rich material, the
temperature contrast between the outer core layer and the mantle material is of the order
of 1000 K around 2 Gyr, compared to a temperature contrast of the order of 500 K in the
models with a low heat production in the ilmenite-rich layer. Therefore the models with a
higher heat production in the ilmenite-rich layer cool much faster.

Comparing the present day temperatures of each model with the solidus temperature
for an Fe-FeS eutectic composition, gives an idea about the physical state of the core. The
eutectic temperature for Fe-FeS at core pressures of 5 GPa is approximately 1223 K (interpo-
lation from Fei et al. (1997)), about 500 K below our lowest model temperatures. According
to our models, a present day Fe-FeS eutectic core would be fully liquid. To investigate the
influence of sulphur in the lunar core, we also compare our model temperatures with the melt
temperature of iron at pressures of 5 GPa. This temperature lies around 1990 K (Anderson
and Isaak, 2000). If the core in our models would be pure iron, only the hottest model would
have a molten core. This makes it likely that if the Moon indeed has a (partially) molten
core (Williams et al., 2001), at least a small amount of sulphur has to be present.
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4.3.5 No pre-formed metallic core

The second set of models does not contain a metallic inner core. The ilmenite-rich material
is free to form a complete core instead. The same set of models with two different Mg#’s
and two different internal heating distributions is used as before (see Table 4.3).

Core formation and stability

As in the previous experiments the formation and stability of the core are studied. Figure 4.5
shows the present-day composition profiles of these models.

Figure 4.5: Present-day composition profiles of four models with varying Mg# and
internal heating. For model descriptions see Table 4.3. The profiles are calculated by
azimuthally averaging the composition value over the full domain. Only the bottom
part is shown to focus on the core formation.

Model NC-M20-Hh-d60 shows a small core, almost completely consisting of ilmenite-rich
material. Furthermore, the Hhigh models have a slightly sharper core-mantle boundary than
the Hlow models. This can be seen from the crossover of the Hhigh and Hlow model lines
around composition values 0.5–0.7. The Hlow models show a more or less gradual increase
in composition/density towards the centre of the model. This is again caused by the lower
viscosities, resulting in higher flow velocities, due to the higher temperatures in the Hhigh
models.

Thermal evolution

To study the thermal evolution of these models, Figure 4.6 shows the mean core temperature.
The Hhigh models again show a very high temperature after 2 Gyr, but only about 500
degrees difference with the Hlow models at present day due to quick cooling after 2 Gyr.
Furthermore, it seems that the Mg# has a larger influence on the present-day temperature
than the internal heat production. The Mg# 20 models differ about 200 degrees at present
day, while the Mg# 40 models differ only several tens of degrees. Comparing two models with
the same internal heat production, the difference in present day temperature is 200–400 K.
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Figure 4.6: Core temperature for all models. For model descriptions see Table 4.3.

Temperatures in Figure 4.6 can be compared to the solidus temperature of ± 1760 K
for a mixture of 29 wt.% ilmenite and 71 wt.% clinopyroxene at 5 GPa as determined
experimentally by Wyatt (1977). For all four models, a present day ilmenite-rich core would
be at least partially molten. However, the proportion of ilmenite in our models is smaller
than in the experiments by Wyatt (1977). This might result in a slightly different solidus
temperature.

It should be mentioned here that phase transitions and (partial) melting are not included
in our models. The viscosity decreases due to higher temperatures, but the viscosity jump
that takes place at a phase transition is not modelled. Therefore, the viscosity of the core
is overestimated. A lower viscosity would likely result in quicker homogenisation of the core
temperature due to core convection, resulting in a larger temperature contrast at the core-
mantle boundary and therefore increased conductive heat transport from the core to the
mantle.

Rapid cooling of the core influences the temperatures in the mantle and could possibly
result in (partial) melt zones in or plumes rising up into the mantle. Figure 4.7a shows
temperature snapshots before and during the period of increased core heatflow. Hot plumes
can be seen that rise into the mantle from the core-mantle boundary, contributing to quick
cooling of the core. These plumes do not transport ilmenite-rich core material to the surface,
as this material is too dense to rise from the core. The plumes only transport less dense
material from just above the dense ilmenite-rich core.

Figure 4.7b shows a rough estimate of the degree of partial melting caused by these
plumes. An equilibrium degree of partial melting is calculated, using a linear solidus/liquidus
parametrisation, suitable for terrestrial peridotite at the low lunar pressures, Tsol = 1388 +
120 ∗ P and Tliq = Tsol + 600, where the temperature T is in Kelvin and the pressure
P in GPa (Takahashi and Kushiro, 1983). The model temperatures are compared to the
solidus/liquidus temperatures. Temperatures below the solidus are indicated by zero values,
no melting. Temperatures above the liquidus result in value one, complete melting. For
temperatures in between a linear relation between temperature and degree of melting is
used.

We reiterate that no phase transitions were included in the models and therefore no
latent heat effects are incorporated. This means that the temperatures in the melt zones
are overestimated. However, any temperature above the solidus temperature should result
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in melt, even though the percentage of partial melt is overestimated in our calculations.

The partial melts in these plumes are located near the inferred depth of origin of the
lunar basalts (400–500 kilometres depth (Hess and Parmentier, 1995)) and remain present
until at least 1 Gyr ago.

Figure 4.7b also shows that (part of) an ilmenite-rich core stays molten during most of
lunar history.

4.4 Discussion and conclusions

Results from this study show that a stable ilmenite-rich (outer) core may have formed in the
lunar interior. The size and density of this core depend on the internal heating in and the
Mg# of the ilmenite-rich layer. A higher heat production in the ilmenite-rich layer results
in a denser core. This is caused by low viscosities due to the high temperatures in the core.
This results in high velocities and fast core formation, resulting in less mixing of ilmenite-rich
and background materials.

On the other hand, a higher Mg# (lower density) results in a less dense core, relative
to the density of the ilmenite-rich layer. This is caused by slower sinking, due to a lower
density contrast, resulting in more mixing of materials.

Furthermore, the sharpness of the core-mantle boundary depends on the internal heating
in the ilmenite-rich material. A higher internal heating results in a stricter core-mantle
boundary. This is again caused by the smaller amount of mixing due to higher temperatures
and lower viscosities.

Unfortunately, a realistic size for the ilmenite-rich (outer) core is difficult to constrain
from our models. The ilmenite-rich layer was modelled as a two-dimensional 60 kilometres
thick layer, which is about twice the estimate for the real size. The density contrast was
kept similar to a model with a more realistic 30 kilometres thick layer to minimise the effect
on the dynamics, but the effect of the larger volume of ilmenite-rich material on the core
size cannot be removed. The result of this overestimation of the volume is an overestimation
of the core size. On the other hand, the fact that our geometry is two-dimensional results
in an underestimation of the core size. Forming a core from a 30 kilometres thick layer in a
three-dimensional sphere, would result in a similar core radius as forming a core from a 120
kilometre thick layer in a 2D cylindrical model. However, this calculation assumes that all
material goes into the core. As seen in our models, a certain amount of material mixes into
the mantle. The fraction of material staying behind in the mantle is likely larger in a 3D
geometry, due to its larger volume/surface ratio, but it is difficult to quantify this fraction.

Studying the thermal evolution of both a metallic and an ilmenite-rich core shows that the
temperature of the core between models varies about 700–1000 degrees maximum (around
2 Gyr after the start of the models), but only about 350–500 degrees after 4.5 Gyr. This
result is found while comparing all models, including both internal heating distributions. An
increase in the heat production in the ilmenite-rich layer results in quick heating. However,
this results in a large temperature contrast between core and mantle, resulting in accelerated
cooling. This results in a relatively small range of present day temperatures from very
different thermal evolutions over time. Further narrowing of the range of internal heating
values is essential for a better determination of the present day core temperature and physical
state.

From our models, it seems that both an ilmenite and an Fe-FeS eutectic core are fully
molten during most of lunar history. This would be in agreement with suggestions for a
partially liquid lunar interior, based on Lunar Laser Ranging (Williams et al., 2001). The
core temperature for the ilmenite core is overestimated due to the lack of latent heat in our
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(a) Temperature (b) Melt fraction

Figure 4.7: Temperature and an estimate for the degree of melting before and dur-
ing rapid core cooling. Hot plumes rising from the core can be seen, which spread
beneath the crust. This plumes cause small amounts of partial melt. The amount of
melt is estimated by comparing the temperature to a linear, parallel solidus/liquidus
parametrisation, suitable for a peridotite composition at the low pressures in the moon.
A linear relation is assumed between the degree of melting and temperatures between
the solidus and the liquidus.
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models. However, from our model temperatures it can be concluded that the ilmenite-rich
core is at least partially molten up to present, since temperatures are only overestimated
once they exceed the solidus temperature.

The fact that melt is not incorporated in our models also leads to an overestimation of
the viscosity. Our viscosity is dependent on temperature, but does not decrease to the low
values characteristic of (partial) melt. This means the the viscosity of the ilmenite core is
too high as long as there is (partial) melt in the core. A lower viscosity will lead to higher
velocities in the core and could possibly lead to convection within the core, resulting in
accelerated homogenisation of the core temperature, a thinner thermal boundary layer and
a larger temperature contrast across the CMB. This will slightly increase the rate of core
cooling through conductive heat transport into the mantle, which depends directly on the
temperature contrast across the core-mantle boundary.

If convection due to lower core viscosity indeed appears the requirements for a lunar
dynamo are met: a fluid convecting core that is possibly conductive enough to cause a mag-
netic field. This indicates that an ilmenite-rich core scenario does not have to be dismissed
on the basis of magnetic surface rock data.

An interesting result of the hot ilmenite core is the development of hot plumes, rising
into the mantle from the core-mantle boundary to accommodate the rapid cooling of the
core. These plumes have temperatures that exceed the solidus temperature of peridotite and
cause melt zones, which spread out well below the crust. These partial melt zones do not
spread out under the full surface, but are localised. The depth of the melt zones is similar
to the inferred depth of origin of the lunar basalts (Hess and Parmentier, 1995; Wagner and
Grove, 1997; Elkins-Tanton et al., 2002) and the meltzones remain present until at least
1 Gyr ago. Furthermore, our model results show that a small percentage of ilmenite-rich
material remains in the mantle after core formation. Combined with the shallow partial melt
zones, this result supports the idea of lunar basalt formation from magma ocean cumulate
remelts in the lunar mantle, dissolving Ti-rich phases during their ascent towards the surface
(Wagner and Grove, 1997).
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Chapter 5

Enrichment of radioactive elements
in late stage lunar magma ocean
cumulates and its influence on lunar
thermo-chemical evolution

Abstract

Fractional crystallisation of the lunar magma ocean (LMO) resulted in enrichment of the
last crystallising cumulate layers in incompatible elements, including the heat producing
elements Th, U and K. This enrichment is most extreme in the so-called KREEP (K-rare
earth element-phosphorous-rich) layer, the final layer to crystallise with a thickness of ap-
proximately 10 km. The last cumulate layer to crystallise before the KREEP layer is a
high-density ilmenite-rich layer.

This study focuses on the influence of different concentrations of radioactive elements in
the different cumulate layers that crystallise from the LMO in the context of lunar thermo-
chemical evolution. To this end we use convection models that start at the completion of
LMO crystallisation. The different cumulate layers with their corresponding concentrations
of heat producing elements are explicitly modelled. First, the effect of explicitly incorporating
the density stratification of the LMO cumulate layers is studied, without taking into account
the enrichment in heat-producting elements of the shallow layers. Explicitely incorporat-
ing different numbers of compositional layers hardly influences lunar evolution. However,
incorporating the heterogeneous heat production related to this compositional layering has
a strong impact on model evolution. Comparison to models with a homogeneous mantle
concentration of radioactive elements show that the increased heat production at the core-
mantle boundary, due to the sinking dense ilmenite-rich cumulate, strongly increases both
lunar core and mantle temperatures, thereby slowing down lunar cooling and significantly
extending the time span during which silicate melting can occur in the lunar interior.

The higher temperatures result in higher velocities and increased convective mixing in
the mantle. High heat production rates in the ilmenite-rich cumulates, which can be achieved
by assuming incorporation of a small KREEP component, lead to such a significant density
decrease of deep mantle material that plume activity ensues. This leads to a higher degree
of mantle mixing that can result in a homogenised distribution of ilmenite-rich material

41
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throughout the mantle. If heat production in the ilmenite-rich cumulate is not augmented
by the incorporation of a KREEP component, plume activity is smaller, resulting in stronger
thermal insulation of the core, due to the larger gravitational stability of the ilmenite-rich
layer at the lunar core-mantle boundary. The net result of these contrasting behaviours is
that the predicted present-day core temperatures for our end-member models with KREEP
either staying with the crust, or incorporated into the underlying ilmenite-rich cumulates
differ by only 100 degrees.

Another result of the efficiency of homogenising the distribution of ilmenite-rich material
throughout the lunar mantle due to its elevated heat production is that this returns titanium-
rich material to shallow depths after initially sinking towards the core-mantle boundary. This
is an important requirement for the presence of titanium-rich basalts on the lunar surface.
Our models are consistent with forming these basalts by pressure-release partial melting in
the mantle followed by dissolution of shallow titanium-rich cumulates.

5.1 Introduction

It is generally assumed that the Moon accreted as a hot body, that developed a global magma
ocean, the so-called Lunar Magma Ocean or LMO (Wood et al., 1970; Smith et al., 1970;
Shearer et al., 2006), early in its history.

Petrological calculations on the crystallisation sequence of the LMO were performed by
Snyder et al. (1992). They showed that LMO solidification results in a layered mantle due
to the fact that most minerals are denser than the magma they form from and therefore sink
to the bottom of the magma ocean upon fractional crystallisation. The exception to this is
plagioclase, which has a lower density than the melt it grows from and floated to form the
anorthositic crust.

The resulting cumulate layering consists of a mantle with olivine and orthopyroxene at
the bottom as the first crystallising minerals. These minerals are followed by clinopyroxene,
which crystallises around the same time as the floating plagioclase. One of the last minerals
to crystallise is high-density, iron- and titanium-rich, ilmenite. Roughly the last 10 km of
crystallising material is highly enriched in all elements that are incompatible in the miner-
als formed up to this late stage, including potassium (K), rare earth elements (REE) and
phosphorus (P). This last very thin layer which crystallises directly underneath the crust is
termed the KREEP layer (Warren and Wasson, 1979b).

The resulting cumulate pile is gravitationally unstable. During early crystallisation, the
magnesium number (Mg#, molar fraction Mg

Mg+Fe
) of the olivine and pyroxene cumulates

decreases with increasing solidification due to the fact that Mg is more compatible in these
minerals than Fe. This leads to Fe-richer, denser cumulates overlying Fe-poorer, less dense
cumulates. The late crystallisation of ilmenite, which has a very high density (Tronche
et al., 2010), further increases the gravitational instability (Elkins-Tanton et al., 2011). The
timescale and implications of the resulting mantle overturn has been the subject of several
previous studies (e.g., de Vries et al., 2010; Parmentier et al., 2002; Elkins-Tanton et al.,
2002, 2011) and will be adressed in more detail in this work.

In addition to major elements such as Mg and Fe, trace elements also partition between
minerals and melts during LMO crystallisation. In this study we focus in particular on the
partitioning of the main heat-producing elements thorium, uranium and potassium. Thorium
and uranium ions are large, and at the reducing conditions in the Moon have a valence of 4+.
This makes them highly incompatible in most minerals, leading to progressive enrichment of
the residual magma ocean during progressive crystallisation. Potassium, with a valence of
1+, is less incompatible but nevertheless shows a clearly heterogeneous distribution among
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the different cumulate layers forming from the LMO.

The incompatibility of these key heat-producing radioactive elements results in a sig-
nificant enrichment of these elements in the minerals that appear during the later stages
of magma ocean crystallisation. In the case of the LMO this means that an enrichment in
heat producing elements can be expected in the crust as well as in the ilmenite-bearing and
KREEP cumulate layers.

As the lunar mantle overturns due to its gravitationally unstable density stratification,
the dense ilmenite-bearing cumulate is thought to sink into the deep interior of the Moon.
This results in a deep heat source in the lunar interior, due to the enrichment of radioactive
elements in this cumulate. This presence of this deep heat source has a clear influence on
the thermal evolution of both the core and the mantle (Chapter 4, de Vries et al., 2010).
Furthermore, studies by Honda and Yuen (1990) and Hansen and Yuen (2000) have shown
that moving heat sources, due to composition-dependent radioactive element concentrations,
can have a significant influence on convection dynamics.

Earlier lunar interior evolution modelling studies focussed purely on the thermal evo-
lution of the Moon, using roughly chondritic homogeneous heat production in a composi-
tionally homogeneous lunar mantle (e.g. Spohn et al., 2001; Ziethe et al., 2009). Studies
that specifically included a high-density ilmenite-rich layer, generally focus on the sinking
behaviour of this layer without taking into account other density variations or heat produc-
tion variations throughout the lunar mantle (Parmentier et al., 2002). Stegman et al. (2003)
studied the possibility of the rising of a dense ilmenite-rich layer from the core, using an
ilmenite-rich layer enriched in radioactive elements. However, no further mantle layering,
either in composition or in heat production, was taken into account. In addition, enrichment
in radioactive element concentrations in the ilmenite-rich layer was roughly estimated in this
study assuming Th, U and K concentrate in the last 5% of the LMO, instead of based on
mineral-melt distribution data for K, U and Th.

In our previous study (de Vries et al., 2010) (Chapter 4) heat production models were
chosen only to study the influence of different amounts of heat production in the ilmenite-rich
material, not to compare with realistic scenarios. Furthermore, the density stratification was
simplified, modelling only the ilmenite-rich cumulate in an otherwise homogeneous mantle.
In the present study, both the compositional layering of the lunar mantle immediately after
LMO crystallisation and the non-homogeneous distribution of radioactive elements into these
layers due to their mineral-melt partitioning behaviour will be investigated in more detail.
Our study combines the use of numerical convection models with recent data on U, Th and
K partitioning in order to investigate their influence on the thermo-chemical and dynamical
evolution of the lunar mantle and the thermal evolution of the core.

5.2 Model description

In this study the convection equations for an incompressible fluid with infinite Prandtl num-
ber are solved in a 2D cylindrical geometry with an aperture angle of 180 degrees. An
Extended Boussinesq Approximation (EBA) is used, including viscous dissipation, adiabatic
heating and internal heating by radioactive decay (Steinbach et al., 1989; de Vries et al.,
2010). Scaling is applied to correct for the use of a 2D instead of a 3D model geometry.
A core radius of 350 km is used, which is an intermediate value of the large range of lunar
core size estimates (e.g. Konopliv et al., 1998; Khan et al., 2007; Weber et al., 2011; Garcia
et al., 2011). With the lunar radius of 1738 km, this results in a lunar silicate mantle depth
of 1388 km.
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5.2.1 The non-dimensional model equations

The convection equations are based on conservation of mass, energy and momentum.
The model equations are non-dimensionalised using the standard scale factors, the do-

main height h for length scales, the thermal diffusion time h2/κ0 for time and the temperature
difference over the domain ∆T for the temperature (e.g. van den Berg et al., 1993; de Vries
et al., 2010). All symbols are explained in Table 5.1. In their non-dimensional form, the
equations are written as follows.

Conservation of mass:
∂juj = 0. (5.1)

Conservation of energy:

DT

Dt
= αg(r)Di(T + T0)w +

Di

Ra
Φ + ∂j(κ(d)∂jT ) +RH(~C, t), (5.2)

where the righthand side terms describe: adiabatic heating, viscous dissipation, conductive
heat transport and internal heating due to the decay of radioactive elements.

Conservation of momentum:

∂j(η(P, T )eij)− ∂i∆P = g(r)êriB(T, ~C)Ra, (5.3)

where B(T, ~C) is the buoyancy ratio expressed in the temperature and composition dependent
density perturbation ∆ρ(T, ~C) = ρ(T, ~C)−ρ0 and a reference thermal density contrast across
the mantle. êri is a unit vector in the direction of the gravity and viscosity is exponentially
dependent on depth (pressure) and temperature as follows:

η(P, T ) = B(r) exp(bd− cT ), (5.4)

where b = ln(∆ηP ) and c = ln(∆ηT ). To describe the high viscosity of the crust, the
prefactor B(r) is a factor of 100 higher in the top 60 km of the models, compared to the
scale value η0 used for the mantle viscosity.

A non-diffusive transport equation is used to describe the time-dependent distribution
of the material composition:

D~C

Dt
= 0, (5.5)

where ~C with components ci, i = 1, nd contains the mass fractions of the compositional
degrees of freedom of the thermo-chemical model.

5.2.2 Boundary and initial conditions

At the top boundary of the model a no-slip boundary condition is applied which is compatible
with the idea that a stable crust has formed at the end of LMO crystallisation. At the other
three boundaries, including the core-mantle boundary, impermeable free-slip conditions are
used.

For the thermal boundary conditions, a constant surface temperature of 250 K is assumed,
while the temperature at the core-mantle boundary (CMB) is described by the cooling of the
core. In these models, we assume a metallic Fe-FeS lunar core with a density of 5300 kg/m3

(e.g. Garcia et al., 2011). This core, modelled as a heat reservoir, cools (from an initial
temperature of 1900 K) as described by the following equation (for symbol explanation see
Table 5.1):

dTc
dt

= − Ac
ρccpcVc

qc(t) (5.6)



5.2 Model description 45

Parameter Meaning Value

Ac Surface area core-mantle boundary 7.7×105 km2

B(r) Prefactor exponential density

B(T, ~C) Buoyancy number: B = ∆ρ(T,~C)
ρ0α0∆T

~C Composition vector
cp Specific heat 861.46 J kg−1 K−1

cpc Specific heat of the core 675 J kg−1 K−1

d Depth coordinate

Di Dissipation number: Di = α0g0h
cp

eij Strain rate tensor: eij = ∂ui
∂xj

+
∂uj

∂xi

e Second invariant of the strain rate:
√

1
2
eijeij

g Gravity acceleration
g0 Scale factor/surface value gravity acceleration 1.62 m s−2

H(~C, t) Composition and time dependent internal heat production
H0 Scale value internal heating 3.3×10−12 W kg−1

h Domain height (=mantle depth) 1388 km
k(d) Thermal conductivity
NC Number of components of the composition
qc(t) Average heat flow through the core-mantle boundary
r Lunar radius 1738 km
rc Core radius 350 km

R Internal heating number: R = H0h
2

cpκ0∆T
3.19

Ra Thermal Rayleigh number: Ra = ρ0α0g0∆Th3

η0κ0
1.0×106

T Temperature
∆T Temperature scale parameter 1650 K
Ts Surface temperature 250 K
T0 Dimensionless surface temperature: T0 = Ts

∆T
6.6

Tc(t) Time dependent core temperature
t Time
Vc Core volume 1.8×108 km3

w Radial velocity
Xi Mass fraction of composition i
α Thermal expansion coefficient 4×10−5 K−1

η(P, T ) Viscosity: η(P, T ) = B(r) exp(bd− cT )
η0 Viscosity scale value 0.689×1021 Pa s
∆ηp Viscosity contrast over the domain, due to pressure 10
∆ηT Viscosity contrast over the domain, due to temperature 1000
κ(d) Thermal diffusivity: κ = k

ρcp

ρ0 Density scale value
ρir Reference density of composition component i (Table 5.3)

∆ρ(T, ~C) Density contrast between mineral layer and background
ρc Core density 5300 kg m−3

τ Decay time of radioactive heating
Φ Viscous dissipation Φ = ηe2

Table 5.1: Explanation of the symbols used in the governing equations. All parameters
in the equations are dimensionless. If a parameter is constant troughout all models its
value with dimension is given.
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No internal heat production in the core has been taken into account. Zero heatflux is
prescribed on the radial boundaries, consistent with the symmetric extension to a full circle
domain.

The initial temperature condition is described by an adiabatic profile with a potential
temperature of 1480 K and two 100 km thick thermal boundary layers in the crust/lithosphere
and above the core-mantle boundary. This adiabatic profile approximately coincides with
the solidus of a peridotite mantle composition (Hirschmann, 2000; Spohn et al., 2001).

Gravity acceleration is depth dependent as calculated from a simple 2-layer model with
a core as described above and a homogeneous mantle density, consistent with the total lunar
mass.

The calculations are done using a convection code (van den Berg et al., 1993) that is
based on the finite element package SEPRAN (http://dutita0.twi.tudelft.nl/sepran/
sepran.html). The finite element mesh used in this study has a resolution of 140 radial
elements by 280 elements in the φ direction, resulting in a radial resolution of 10 km and a
φ-resolution ranging between 4 km at the CMB to 19.5 km at the surface.

5.2.3 Material properties

Mineral composition in our convection models is described using Lagrangian tracer particles
that are advected by the flow. Each tracer carries information about its composition in
the form of a composition vector, in which each component contains the mass fraction of a
specific mineral or mineral assemblage. Density is then described as follows:

ρ−1 =

NC∑
i=1

Xi
[
ρir1− α(T − Tr)

]−1
, (5.7)

where NC = nd + 1 is the number of components of the composition and ρir the density
of component i at reference temperature, Tr. The factor Xi is the mass fraction of mineral
component i. The mass fractions are expressed in terms of the nd compositional degrees
of freedom, where Xi = ci for all degrees of freedom. The composition consists of nd + 1
components and the last mass fraction is then defined as:

XNC = 1−
NC∑
i=1

ci. (5.8)

No phase transitions are incorporated in our models as these are unlikely to occur at the
relatively low lunar pressures of 5–6 GPa.

Heat production in our models is also described as a composition-dependent property.
A fuelmix of 235U, 238U, 232Th and 40K is used, where the concentrations of these four
isotopes are composition dependent. For each composition ci, the heat production at time t
is described as:

H(ci, t) =

4∑
j=1

Hj(ci, 0) exp(−t/τj), (5.9)

where the sum over j adds the contributions from all four radioactive isotopes and Hj(ci, 0)
varies for different compositions, depending on the concentration of radioactive isotope j.
Heat production of a mixed composition C is described by:

H( ~C, t) =

NC∑
i=1

XiH(ci, t). (5.10)
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5.2.4 Compositional layering and heat producing elements

The numerical models start just after the completion of LMO crystallisation. In the first set
of models, we study the influence of incorporating composition-dependent density layering.
Two internal heating scenarios are used, where the heat producing material of the KREEP
layer, that is not explicitely represented in our models, is either added to the mantle (model
labeled 2L1), or to the crust (model labeled 2L2).

The last material to crystallise from the LMO, the KREEP layer, is extremely enriched
in K, REE and P, but also in other incompatible elements like Th and U. The fate of this
shallow KREEP layer during mantle overturn is difficult to predict or model numerically,
since its thickness is estimated to be around 10 km (Shearer et al., 2006). Proper numerical
resolution of such a thin layer still represents a challenge in our modelling and therefore, we
investigate two end member models where we add the heat producing elements from this
KREEP layer either to the ilmenite-rich layer (2L1), assuming KREEP sinks with the dense
cumulate during mantle overturn, or to the crust (2L2), assuming the KREEP material
remains immobile at shallow depth. Most likely, reality is somewhere in between these two
end member models, but our results will give an estimate of how much influence the dynamics
of the KREEP layer can have.

2L1 2L2
(W/kg) (W/kg)

Crust 9.93×10−12 5.13×10−11

Mantle 4.73×10−12 2.76×10−13

Table 5.2: Overview of the initial heat production in the models with a two layer heat
production configuration. Heat productivity decreases with a decay time of 2.3 Gyr.
Two models are used for crust and mantle heating.

Internal heating in these models is defined as a single component exponential decay
model with a decay time of 2.3 Gyr (de Vries et al., 2010) (Chapter 4) and initial heat
productions are specified in Table 5.2. We started with a basic model, containing only the
crust and the ilmenite-rich cumulate layer on top of a homogeneous mantle (model A). In
three steps the other main lunar cumulate layers are then added as shown in Figure 5.1
(models B, C and D). The thicknesses of the cumulate layers are based on the calculations of
Snyder et al. (1992). Note that in these models the heat production in all cumulate layers is
considered equal. For simplicity, density variations within the individual (initial) layers due
to, e.g. progressive changes in mineral Mg#, were not taken into account. Layer densities
are summarised in Table 5.3.

In the follow-up models, we use the initial compositional setup of model D. However, we
now define a different heat production for each compositional layer (models labeled CDH).
Concentrations of Th, U and K for each compositional layer are calculated combining parti-
tion coefficients of these elements between lunar minerals and co-existing melt, calculations
on LMO crystallisation and lunar surface plagioclase concentrations of the radioactive ele-
ments. Details concerning these calculations and the mineral-melt partition coefficients used
are given in the appendix at the end of this chapter.

From the calculated concentrations of Th, U and K in each cumulate layer, heat pro-
duction values are determined as listed in Table 5.4, resulting in an initial bulk lunar heat
production of 5.2×10−12 W/kg, similar to values used by Spohn et al. (2001) and Ziethe
et al. (2009).
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Density profile

60 km

155 km

410 km

1388 km

155 km

410 km

1388 km

Model A Model B Model C Model D

90 km90 km

Background

Plagioclase
Ilmenite/clinopyroxene/pigeonite
Clinopyroxene/olivine/pigeonite

Orthopyroxene
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Figure 5.1: Initial setup of the compositionally layered models.

Layer composition Density (kg/m3)

Plagioclase 2750
Ilmenite + Clinopyroxene 3719
Clinopyroxene + Olivine 3396
Orthopyroxene 3324
Olivine 3342
Background 3354

Table 5.3: Overview of the densities used for the different compositional layers (ρir).

As in the previous models, two end-member heat production scenarios are used, with the
internal heating of the KREEP layer added either to the ilmenite-rich layer (CDH1) or to
the crust (CDH2). The results will show whether the present-day thermal state constrains
the early evolution of the KREEP layer. A graphical overview of the initial distribution of
all heat production models is shown in Figure 5.2.

Our calculations of the initial distribution of internal heating, using trace element par-
titioning data result in significantly larger contrasts between cumulate layers than previous
estimates. The ilmenite-crust and ilmenite-mantle heat production contrasts in this study
are significantly higher. The heat production models in de Vries et al. (2010) (Chapter 4) use
ilmenite-crust contrasts of 0.77 and 0.18, whereas here comparable models use 13.6 (CDH1)
and 0.29 (CDH2) respectively. Ilmenite-mantle contrasts are 12 and 4.26 in our previous
work, compared to 413 and 47 in our current models (calculated from volume averaged man-
tle values). Stegman et al. (2003) assumed enrichment of the ilmenite-rich layer of a factor
of 5.
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Th-232 U-235 U-238 K-40 Total
(W/kg) (W/kg) (W/kg) (W/kg) (W/kg)

Crust
CDH1 1.6×10−12 2.4×10−13 5.7×10−12 2.3×10−12 9.84×10−12

CDH2 1.0×10−11 1.4×10−12 3.4×10−11 6.2×10−12 5.16×10−11

Ilmenite
CDH1 2.8×10−11 3.7×10−12 8.8×10−11 1.4×10−11 1.34×10−10

CDH2 3.2×10−12 4.5×10−13 1.1×10−11 7.7×10−13 1.54×10−11

Cpx
2.8×10−13 3.9×10−14 9.0×10−13 5.5×10−14 1.27×10−12

Opx
4.4×10−14 1.0×10−15 2.4×10−14 4.8×10−14 1.17×10−13

Olivine
1.4×10−16 1.7×10−16 4.1×10−15 6.9×10−16 5.10×10−15

Table 5.4: Overview of the initial heat production in the models with a contrasting
heat production in the compositionally different layers. Two models are used for crust
and ilmenite heating, a model with a high heating in the ilmenite, CDH1 and one with
a higher crust, but lower ilmenite heat prodcution, CDH2.

Figure 5.2: Internal heat production profiles for the four heat production scenarios,
2L1, 2L2, CDH1 and CDH2.

5.3 Results of numerical modelling

To illustrate the influence of layering of the internal heat production on the dynamics of the
model evolution, Figure 5.3 shows the time series of the RMS velocity of the four different
heat production models for compositional setup D. The initial spike in the velocity is caused
by the sinking of the bulk of the ilmenite-rich material during the early mantle overturn.
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(a) low crustal heating (b) high crustal heating

Figure 5.3: RMS velocity for all models. (a) low crustal heat production (2L1 and
CDH1) and (b) high crustal heat production (2L2 and CDH2).

For clarity, the models with compositional setup A–C have been left out, as they in
general show very similar velocities to the model with compositional setup D. Incorporating
the initial density profile of the deeper cumulate layers seems to only slightly influence the
velocity of the sinking ilmenite-bearing cumulate. This is due to the fact that the density
differences between the ilmenite and the other mantle layers are an order of magnitude
larger than the density differences among the other layers. Comparing the temperatures
from models A–D shows similar results. The slight influence on the sinking velocity of the
ilmenite-bearing cumulates does not change the mantle temperature and results in only very
small differences in the core temperature (less than 50 K) throughout the full 4.5 Gyr of
evolution.

Only the results for compositional setup D will be used in the rest of this work for
comparison between models with a 2-layer internal heat production setup (2L1 and 2L2)
and models with a composition-dependent heat production (CDH1 and CDH2), such that
all models use the same initial compositional configuration.

When comparing the dynamics of models with compositional setup D and either a 2-layer
heat production model or a CDH model where each layer has a characteristic value of the heat
production as defined in Table 5.4, a large difference can be seen in the dynamics after the
initial spike caused by the sinking of the high-density ilmenite-rich cumulate. The increased
heat production in the deep mantle, due to the presence of the enriched ilmenite-bearing
cumulate, increases the RMS velocities significantly, both in amplitude and in temporal
variability. In the CDH1 model, the velocity time series after overturn fluctuates much more
strongly and is two to three times higher than in any of the other models. It is likely that this
increase in velocity is related to the temperature dependence of the viscosity. The higher
temperatures in the deep mantle, which are caused by the high heat productivity in the
ilmenite-bearing cumulate cause a decrease in the viscosity, resulting in enhanced and more
prolonged dynamics.

The same effects, albeit more muted, are seen when comparing model CDH2 with model
2L2. Even if all U, Th and K in the KREEP layer remain in the crust during mantle overturn,
the elevated heat production in the ilmenite-rich cumulates leads to more pronounced and
longer dynamics in the lunar mantle compared to models where mantle heat production is
distributed homogeneously.

Similar conclusions can be drawn for the thermal evolution of core and mantle for all
models as shown in Figure 5.4. Incorporating composition-dependent heat production leads
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(a) low crustal heating (b) high crustal heating

(c) low crustal heating (d) high crustal heating

Figure 5.4: Average temperature for core and mantle (a and b) and core heatflux (c
and d) in all models.

to generally higher temperatures. The core temperature of the two different heat production
models, CDH1 and CDH2, is similar after ∼1.5 Gyr (∼1850 K), but the mantle temperature
of the model where U, Th and K from the KREEP layer sink with the ilmenite-rich material
(CDH1) is much higher (∼1550 K, compared to ∼1400 K). This temperature increase is
caused by the production of heat deep in the mantle instead of near the surface (when the
KREEP material is in the crust, model CDH2), where it escapes more easily due to the
geometrical spreading which decreases the layer thickness, and due to the vicinity of the
cold surface.

That the temperature increase and its consequences for viscosity and velocity indeed
originate from the core-mantle boundary region can be seen in the radial profiles of laterally
averaged quantities in Figure 5.5. This figure shows increased temperatures and decreased
viscosity deep in the mantle for the model with high heat production in the ilmenite-bearing
material (solid lines), compared to the model with lower (but still higher than average) heat
production in the ilmenite-bearing material (dotted lines). Note that in all models, the
anomalously high temperatures in the deepest parts of the mantle persist until the present
day. Figure 5.5c, showing the depth distribution of the velocity magnitude for the same
two models at the corresponding snapshot times, shows that the velocity is significantly
higher in the hotter model, in agreement with the evolution of the global average shown in
Figure 5.3. During most of the model evolution this difference is most pronounced at larger
depth (greater than about 900 km), where we expect most of the ilmenite-rich material.

The core temperature of the two composition-dependent heating models show a strikingly
different time evolution. The temperature of model CDH1 initially rises very rapidly, then
decreases quickly after about 1 Gyr and from about 1.5 Gyr after the start of the model the
temperature shows typical fluctuations along its slow cooling path. These fluctuations seem
to coincide with the velocity peaks in Figure 5.3. The heatflux through the core-mantle
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(a) temperature (b) viscosity (c) velocity

Figure 5.5: Profiles of the horizontal average of temperature, viscosity and velocity
in the CDH1 (solid) and CDH2 (dotted) layered heating models.

boundary, into the mantle, as shown in Figure 5.4c also shows this behaviour, resulting
in two periods of enhanced heatflow into the mantle: an early period after approximately
100–200 Myr and a later period between 1 and 1.5 Gyr after model initiation followed by
fluctuations around zero, that coincide with the core temperature fluctuations.

The core temperature of the CDH2 model shows more gradual behaviour. After an initial
period of slow heating until about 1.5 Gyr, the model cools at about the same rate. This
is also visible in the heatflux in Figure 5.4d, which shows the initial peak at 0.2 Gyr as in
model CDH1, but then fluctuates between approximately +1 and -1 mW/m2, without the
second period of enhanced core heatflow. Surprisingly, from about 1.5–2.0 Gyr onwards, the
core temperature difference between the CDH1 and the CDH2 models is relatively small.
Despite the initial strong core heating in the CDH1 model their present day temperatures
differ by only about 100 K. As will be shown below, this similarity and the core temperature
fluctuation in the CDH1 model are both caused by the different behaviour of the ilmenite-rich
material in these models.

Figure 5.6 shows the dimensionless values of the radial coordinate (minimum radius is
the core radius of 0.252, maximum radius 1.252), temperature and ilmenite-content at the
location of several very mobile tracers. These tracers were chosen by the high variance of
their location during the first 1.5 Gyr of the model run and were initially located in the
ilmenite-rich layer. This figure shows that part of the ilmenite-rich material mixes very
quickly with its surroundings (blue lines: the ilmenite-content drops rapidly, within the first
∼100 Myr of evolution) and is recycled through the mantle with a frequency dependent on
the amount of heat production in the ilmenite-rich layer, and therefore on the temperature
of the model. A hotter model (Figure 5.6a) results in shorter cycle times. Furthermore, the
temperature seems to be counterphase to the depth (radius) in both models, which indicates
that the material moves due to thermal buoyancy effects.

Due to mixing with material from the other cumulate layers, the density of the material
initially purely consisting of the ilmenite-rich component becomes low enough so that heating
it by several tens of degrees can make it positively buoyant. Figure 5.7 shows corresponding
temperature and composition snapshots of both composition dependent heating models,
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(a) CDH1 (b) CDH2

Figure 5.6: Radial coordinate, temperature and ilmenite content of some of the most
mobile tracers, that were initially located in the ilmenite-rich layer. Results for four
tracers in each internal heating models are shown.

CDH1 and CDH2. This figure shows that initially the ilmenite-rich material sinks to the core-
mantle boundary, while mixing with surrounding material. Near the core-mantle boundary,
the material heats up and intermittently rises up in hot mantle plumes where it either mixes
completely with the surrounding mantle or cools again and sinks back to the core-mantle
boundary, as illustrated in the time series of Figure 5.6.

In the high-ilmenite heating (CDH1) model, this process is more vigourous than in
the CDH2 model, where the ilmenite-rich layer remains more coherent at the core-mantle
boundary as is clearly visible in Figure 5.7d. This layer has an insulating effect on the core,
resulting in the more gradual core heating and cooling that we observed for this model in
Figure 5.4. This insulating effect is also the reason that the final core temperatures in the
two models are similar: it keeps the core in the CDH2 model hot, while the core in the CDH1
model cools from its initially higher temperature due to more vigorous convection and plume
activity.

In the CDH1 model, the oscillating motion of the ilmenite-rich cumulate causes the core
to be covered by different amounts of high heat producing material over time. The motion
of hot plumes and cold downwellings near the core-mantle boundary causes the fluctuations
in the core heatflux and core temperature (Figures 5.4a and c). Only after about 3.5 Gyr
most of the dense, heat producing material has mixed with the rest of the mantle (except for
some small, relatively stable reservoirs at the core-mantle boundary) and heat production
becomes more or less homogeneous resulting in a more stable core temperature and a more
constant RMS velocity.

The plume activity in our models results in large scale heterogeneities in the mantle,
that dissappear over time, depending on the temperature of the mantle and the related
vigour of the convective motions and mixing. In the CDH2 model this results in present day
heterogeneities at shallow depths of 300–600 km (Figure 5.7d), consistent with recent first
attempts at lunar seismic tomography as determined by Zhao et al. (2008). Calculation of
the autocorrelation of the lateral density variation shows correlation lengths of 200–500 km
as the scale for these compositional heterogeneities.

Melting and related viscosity changes were not explicitly incorporated in our models.
However, an estimate of the domain volume, subject to partial melting, can be made by
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(a) CDH1 (b) CDH1 (c) CDH2 (d) CDH2

Figure 5.7: Temperature (in K) and composition for the layered heating models, with
high ilmenite heat production (a,b) and low ilmenite heat production (c,d). The red
and blue colors in the composition snapshots (b and d) depict the two densest layers,
the ilmenite-rich and clinopyroxene-rich layers, respectively.

comparing model temperatures to silicate solidus temperatures. For the low pressures in
the lunar interior, a linear and parallel solidus/liquidus parametrization can be used. A
parametrization based on peridotite melting was applied (de Smet et al., 1998; Takahashi
and Kushiro, 1983). Using this description and assuming a linear relation between the
temperature difference with the solidus and the degree of partial melting, results in Figure 5.8
for model CDH1. No significant amounts of melting were found in the CDH2 model. It should
be noted here that the peridotite solidus/liquidus paramtrization used here may not be valid
for the deep mantle where the ilmenite-rich material accumulates. Recent work has shown
that ilmenite cumulate solidus temperatures at CMB pressures may be as low as 1650 K
(Yao and Liang, 2012), which would result in deep mantle melting in our CDH2 model.
The fraction of partial melt in this figure is overestimated due to the fact that latent heat
effects are not taken into account. However, these effects only influence the model when
temperatures are already above the solidus, and therefore the melt producing area of the
domain is correctly approximated.

Initially partial melt areas coincide with the locations of plumes of ilmenite-rich material.
However, from 2.5 Gyr onwards only shallow melt pockets remain with a gradually decreasing
degree of melt productivity. These large scale shallow melt areas coincide with the large
shallow areas of low S-wave velocities as shown by Zhao et al. (2008) and are consistent
with the estimated minimum depths of the sources of lunar basalts (e.g. Wagner and Grove,
1997).
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Figure 5.8: Estimated melt volume fraction for the composition dependent heat pro-
duction model CDH1. The percentage partial melt is estimated from the temperature
difference with a solidus temperature. A linear, parallel, peridotite solidus-liquidus
parametrization is used, suitable for the low pressures in the lunar interior. The frac-
tion of partial melt is linearly dependent on the temperature difference with the solidus
(0=no melting, 1=full melting).

5.4 Discussion and conclusions

Our results show that heterogeneity in the distribution of internal heating associated with
compositional variation and KREEP dynamics can greatly influence the dynamics and out-
come of lunar thermo-chemical convection models.

When ilmenite-rich material, enriched in radioactive elements, sinks towards the core-
mantle boundary it heats the surrounding mantle. Depending on the degree of enrichment,
the dense material can form a relatively stable layer on top of the core-mantle boundary or
mix more extensively with the surrounding mantle materials. This difference in behaviour
is caused by the temperature dependent viscosity and lateral variations of the temperature,
which result in more vigorous convection when the temperature increases due to internal
heating. The result of this difference in stability of the insulating ilmenite-rich layer is that
the present-day core temperature differs by only about 100 degrees between our end-member
models. For the determination of the physical state of the core this is still significant, as
it can make the difference between a solid or a liquid lunar core. The present-day mantle
temperature on the other hand is clearly higher when the ilmenite-rich material is more
enriched (1450 K compared to 1200 K).

Furthermore, in our models the instability of a highly enriched ilmenite-rich layer on top
of the core-mantle boundary results in an extra time period of enhanced heatflow from the
core into the mantle between 1 and 1.4 Gyr after the start of our models. This late enhanced
heatflow is interesting in light of a recent study by Shea et al. (2012), indicating that a lunar
core dynamo may have been active until 3.7 Gyr ago. It is also an interesting feature for
the study of the origin of a possible lunar dynamo. Recent studies by Le Bars et al. (2011)
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and Dwyer et al. (2011) have investigated the possible origin of a dynamo with the help of
external factors, large meteorites or the influence of the earth on the precession of the lunar
spin axis respectively. However, our models show that enriched ilmenite-rich material inside
the Moon may also play an important role in keeping the temperatures in the Moon high
enough and creating the necessary core heatflux to sustain a dynamo.

In this study, two end-member models have been investigated where the U, Th and K
inventory of the highly enriched KREEP layer is either incorporated in the crust, or in
the ilmenite-rich material. We may expect that in the Moon an intermediate scenario is
more appropriate: part of the KREEP was likely entrained in the ilmenite-rich material,
while the rest (quite possibly the bulk) of the material remained at shallow depth below the
anorthositic crust.

Whether a significant amount of KREEP material reached the deep mantle could possibly
be determined from future seismic measurements. If KREEP remained near the crust,
we would expect to find a relatively stable ilmenite-rich layer on top of the core-mantle
boundary as shown in model CDH2. This might be detectable with improved seismic data
from a network of seismometers on the lunar farside (e.g. Tanaka et al., 2008). Lower heat
production in the ilmenite-rich cumulates results in less mixing and larger scale mantle
heterogeneities. Mantle heterogeneities with length scales of several hundreds of kilometres
can then be expected, which may be discernable with seismic tomography (Zhao et al., 2008).

In contrast, if a significant proportion of KREEP was incorporated into the underlying
ilmenite-rich cumulates and sank into the deep mantle, a more homogeneous mantle would
be expected, due to more vigorous mixing, with ilmenite-rich reservoirs near the core-mantle
boundary. The size of these reservoirs likely depends on the amount of KREEP that has
descended. More KREEP will result in higher temperatures and smaller reservoirs. Such
reservoirs are likely large enough to be visible in seismic imaging.

Another important result from this study is the fact that the mixing of the ilmenite-rich
material, due to its high heat productivity, returns small amounts of titanium-rich material
to shallow depths. This is significant in relation to models of the origin of titanium-rich lunar
basalts. These are thought to originate from depths between 200 and 500 km and require the
presence of ilmenite-rich material at or above this depth (Wagner and Grove, 1997; Singletary
and Grove, 2008; van Kan Parker et al., 2011). Our models provide a mechanism for the
presence of dense ilmenite-rich material at such shallow levels at relatively late stages of
lunar evolution.Furthermore, high heat production in the deep ilmenite-rich material results
in rising plumes of hot material. This hot material may then by subject to pressure release
partial melting at shallow depths, consistent with basalt formation at 200-500 km depth (e.g.
Elkins-Tanton et al., 2002; Singletary and Grove, 2008).

Finally, the results of this study show that increased heat productivity in the deep
mantle, through the enriched ilmenite-bearing cumulate, keeps lunar mantle temperatures
high enough for partial melting and potential basalt formation for an extended period of
time. This is consistent with basalt formation ages as young as 1 Gyr old (Hiesinger et al.,
2003) and does not require very strong insulation by the crust and megaregolith as previously
suggested as an explanation for the longevity of lunar volcanism (Ziethe et al., 2009).

To further quantify these results more precise data on the crystallisation sequence of the
LMO and on radioactive element mineral-melt partitioning are required, as well as better
constraints on Th, U and K concentrations in surface plagioclase. Concentrations of the
radioactive elements can only be directly measured in plagioclase (assuming pristine surface
rocks can be found), making the availability of accurate partition coefficients for the dis-
tribution of U, Th and K between plagioclase and melt crucial for the calculation of heat
production in the lunar mantle. Chapter 6 provides new experimental data pertaining to
this issue.
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Appendix: Distribution of heat productivity

The different heat production for each compositional layer in this study uses experimental
data on the distribution of U, Th and K between minerals and melts at lunar pressure-
temperature conditions. This distribution is quantified using the mineral-melt partition
coefficient D, denoting the concentration ratio of an element between a mineral and a co-
existing melt. Table 5.5 lists the partition coefficients used in this study and their sources.
The fact that U, Th and K are incompatible in the main lunar minerals (D <1) results in
an increased concentration of these elements in the later crystallising layers.

In addition to the availability of accurate partition coefficients, quantitative estimates of
cumulate layer heat production levels require estimates of either the bulk concentrations of
U, K and Th in the Moon, or of their concentrations in one of the cumulate layers. In the
case of the Moon, estimates are available on the concentrations of the radioactive elements
in the anorthositic crust, both measured by remote sensing missions such as Clementine and
Lunar Prospector (e.g. Chevrel et al., 2002; Gillis et al., 2004; Lawrence et al., 2007) and
from anorthositic rock samples brought back with the US Apollo and USSR Luna missions
(Korotev, 1998). In this study the Th concentration of Apollo 15 sample 15415 is taken as
the starting point. For the U and K concentrations, the regressions of U versus Th and K
versus Th concentrations on the lunar surface observed with remote sensing techniques as
fitted by Korotev (1998) are used.

Combined with a complete crystallisation sequence for the LMO as calculated by Snyder
et al. (1992) and partition coefficients for the lunar minerals, the concentrations in individual
cumulate layers can then be calculated using the following equations:

Cs
C0

=
D

DF + (1− F )
, (5.11)

where Cs and C0 describe the concentration of the element in the crystallised solid and in
the melt before crystallisation respectively. The symbol F describes the fraction of melt that
remains after crystallisation of the layer. This equation describes equillibrium crystallisation,
as is assumed only for the first two crystallising layers, olivine and orthopyroxene, due to
the expected vigorous fluid convection during crystallisation of these layers (Snyder et al.,
1992). For the rest of the magma ocean, fractional crystallisation is assumed, requiring the

Plagioclase Ilmenite Cpx/Pigeonite Orthopyroxene Olivine

U 0.0511 0.00153 0.0234 0.00186 0.000474

Th 0.1301 0.00053 0.0234 0.0016 0.000054

K 0.1742 0.00257 0.0095 0.00226 0.000257

Table 5.5: Partition coefficients used for the calculation of the heat production for the
different compositional layers in our models.
1) (Dunn and Sen, 1994)
2) (Bindeman and Davis, 2000)
3) (van Kan Parker et al., 2011)
4) (Salters et al., 2002)
5) (Blundy and Wood, 1994)
6) (Frei et al., 2009)
7) Estimated to be a factor of 5 less incompatible then U
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following equation:
Cs
C0

= DF (D−1). (5.12)

The fraction F is taken from the magma ocean crystallisation sequence. In combination
with partition coefficients, the ratio of the concentration in the solid and the concentration in
the original liquid can be calculated. With one value for Cs, in this case the plagioclase con-
centrations, or with a value for C0, for example the bulk lunar concentration, concentrations
for the whole crystallisation sequence can be determined.

Unfortunately, this calculation is not as straightforward as it seems. First, partition
coefficients are known to depend strongly on the mineral and melt composition as well as
on the pressure and temperature conditions during crystallisation (e.g. Blundy and Wood,
2003b), and it is very difficult to assess whether the values listed in Table 5.5 are accu-
rate. Second, lunar surface samples of anorthosite could be contaminated by KREEP-rich
material covering large parts of the lunar near side, making it difficult to derive pristine
plagioclase U, Th and K contents. Furthermore, this calculation does not take into account
any remelting of recently crystallised materials due to convective motions in the crystallising
LMO, resulting in redistribution of the radioactive elements. An in depth discussion of these
issues is presented in Chapter 6.



Chapter 6

Radiogenic heat production in the
Moon: constraints from
plagioclase-melt trace element
partitioning experiments

Abstract

The total amount and spatial distribution of heat produced in the Moon through natural
decay of U, Th and K are key input parameters for models of lunar thermal evolution, but
both are poorly constrained. We performed high-temperature experiments to quantify the
distribution of U, Th, K and a suite of other trace elements (including rare earth elements,
large ion lithophile elements, and high field-strength elements) between anorthite-rich pla-
gioclase and silicate melt. Our results are combined with sample- and remote sensing-based
estimates of the U and Th concentration of the primitive lunar highland crust and petrolog-
ical models of lunar magma ocean (LMO) crystallisation, to asses heat production levels in
the bulk Moon as well as in the cumulate layers resulting from LMO solidification.

Plagioclase-melt partition coefficients (D values) for 1+, 2+ and 3+ elements, measured
by laser ablation - inductively coupled plasma mass spectrometry, are in excellent agreement
with previous studies, and show near-parabolic trends as a function of ionic radius that
are consistent with crystal lattice strain models of mineral-melt partitioning. D values for
quadruvalent Hf, Zr, and Th also show a near-parabolic trend. Uranium partition coefficients
are lower than expected from the trend defined by Hf, Zr and Th data, suggesting the
presence of significant levels of U5+ and/or U6+ in our experiments (which were performed
in air). We find no significant variation in lattice-strain model parameters as a function of
plagioclase anorthite content between XAn = 0.5 and XAn = 0.9 at temperatures of 1200–
1230 ◦C. Plagioclase-melt DTh applicable to the Moon is 0.00009 ± 0.00005, DK is 0.21 ±
0.09, and DU is predicted to be 0.00103 ± 0.00012 assuming all U in the Moon is 4+.

Heat production calculations based on our measurements and previous work on U, Th
and K partitioning in pyroxene-melt, ilmenite-melt, and olivine-melt systems show an ap-
proximately 500-fold enrichment in the total radiogenic heat budget in the ilmenite-rich
cumulate layer crystallising towards the end of LMO solidification compared to the primary
crust. Analysis of the total lunar heat budget shows that uncertainties in plagioclase-melt
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partition coefficients for U and Th and uncertainties in the U and Th content of the primitive
anorthositic material (PAN) strongly influence the outcome of calculations of the lunar heat
budget. To further decrease these errors, additional data on the partitioning of 4+ elements
as a function of pressure, temperature and oxygen fugacity are required, ideally combined
with PAN sample return.

6.1 Introduction

Accurate knowledge of global heat budgets is essential for the development of planetary
thermal evolution models. In contrast to Earth, the lunar heat budget is at present poorly
constrained. For example, over 38,000 surface heat flow measurements have been made on
Earth (e.g. Davies and Davies, 2010; Pollack et al., 1993), and good estimates exist for
the concentrations of the main heat producing elements U, K and Th in the Earth’s main
reservoirs (e.g. Lassiter, 2004; Arevalo Jr. et al., 2009). In contrast, only four heat flow
measurements have been performed on the Moon (two each at the Apollo 15 and 17 landing
sites, Langseth et al. (1976)), and the concentrations of U, Th and K in the Moon are not well
constrained. Here, we explore a method of estimating present-day radiogenic heat production
in the Moon, and its spatial distribution, based on combining recent observations of the
surface concentrations of U, Th and K in the highlands regions of the Moon with experimental
constraints on the distribution of these elements between anorthositic plagioclase and silicate
melt at high temperature.

Over the past two decades, a large amount of remote sensing data on the composition
of the lunar surface has been collected by the US Clementine, Lunar Prospector, and Lu-
nar Reconnaissance Orbiter missions (e.g. Chevrel et al., 2002; Lawrence et al., 2007), the
Japanese Kaguya mission (e.g. Matsuoka and Russell, 2010), India’s Chandrayaan-1 mission
(e.g. Narendranath et al., 2011), and China’s Chang’E-1 mission (e.g. Zhu et al., 2010). Com-
bined with data from samples returned with the Apollo and Luna missions and meteorite
data (Korotev et al., 2003; Korotev, 2005; Warren, 2005), this has led to improved estimates
of the potassium, thorium and uranium concentrations of the lunar surface (e.g. Gillis et al.,
2004; Takeda et al., 2006; Prettyman et al., 2007; Yamashita et al., 2010; Kobayashi et al.,
2010; Jolliff et al., 2011). Most studies to date have focused on the resulting concentrations
of radiogenic heat producing elements in the so-called Procellarum KREEP terrane on the
lunar near side (e.g. Jolliff et al., 2000), which shows pronounced enrichments in K, U and Th
concentrations due to the influence of the enriched KREEP source. Our focus here is on the
concentrations of the main heat producing elements derived for the Feldspathic Highlands
Terrane (FHT), composed mostly of anorthite-rich plagioclase, as the Lunar Magma Ocean
(LMO) concept provides a direct link between surface remote sensing data and the Moon’s
interior heat budget. These data, together with mineral-melt partition coefficients for Th,
U and K constrain the concentrations of these elements in the main lunar silicate reservoirs,
from which the bulk Moon concentrations can be determined.

The anorthositic lunar crust is thought to have formed as a flotation crust on top of the
(LMO) (Smith et al., 1970; Wood et al., 1970). Whereas earlier formed, more mafic minerals
sank to the bottom of the magma ocean upon crystallisation, plagioclase floated due to its
low density compared to the magma. Crystallisation of the LMO finally resulted in a layered
mantle with olivine and orthopyroxene layers at the bottom, followed by clinopyroxene-rich
materials and a dense ilmenite-rich layer at shallow depth below the plagioclase flotation
crust (Figure 1 in Snyder et al., 1992). The final residual liquid of the LMO, showing
significant enrichments in all incompatible elements including K, U and Th, crystallised at
the bottom of this crust.
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To combine surface concentration observations with this petrological model for LMO
crystallisation and thus provide information about the Moon’s heat budget, information
is required on the partitioning behaviour of U, Th and K between plagioclase and melt.
Although some preliminary models for the behaviour of U and Th in plagioclase-melt systems
were developed in the past (Blundy and Wood, 2003a), the experimental database used for
these models is small - mostly due to the fact that on Earth, plagioclase is not a major
reservoir for these elements.

Previous studies on trace element incorporation into plagioclase (Drake and Weill, 1975;
Bindeman et al., 1998; Bindeman and Davis, 2000; Miller et al., 2006; Aigner-Torres et al.,
2007; Tepley III et al., 2010) did not focus on the radioactive elements Th and U (although
some of these studies did include these elements in their experiments). As a result the
spread in partition coefficients for U and Th is very large. For U, plagioclase-melt partition
coefficients reported in the literature vary from 0.00004 to 0.5. For Th, the variation also
covers several orders of magnitude (0.0004< DTh <0.38).

In this study we experimentally determined the partitioning of U, Th, K and a suite of
other trace elements between anorthite-rich plagioclase and silicate melt at high temperature
(1200–1230 ◦C) and atmospheric pressure. The lattice strain model (Blundy and Wood,
1994) was used to rationalise plagioclase-melt partition coefficients for 1+, 2+, 3+ and 4+
trace elements. Our data are used to provide new estimates for the concentrations of U,
Th and K in the lunar interior, which can serve as input parameters for models of lunar
thermo-chemical evolution.

6.2 Experimental methods and analytical techniques

Starting material bulk compositions were chosen on the basis of two arguments: (1) Previous
studies have shown a significant effect of plagioclase composition on partition coefficients
for several elements, e.g. Sr, Ba (e.g. Blundy and Wood, 2001; Bindeman et al., 1998) (2)
Plagioclase on the lunar surface is generally highly anorthositic (e.g. McGee, 1993; Wieczorek
et al., 2006). We therefore aimed to study plagioclase-melt partitioning for a range of
anorthite-rich plagioclase compositions. To separate the effect of composition from the
possible effects of temperature and pressure, we chose compositions in the simple system
Ca2Al2Si2O8-NaAl3Si3O8-CaMgSi2O6 (anorthite-albite-diopside, e.g. Bowen, 1913; Kushiro,
1973). This enables synthesis of a range of plagioclase-melt pairs at a constant pressure of 1
bar and near-constant temperature of 1200–1230 ◦C with different compositions (Figure 6.1).

Bulk starting compositions were calculated using the MELTS program (Ghiorso and
Sack, 1995; Asimow and Ghiorso, 1998) with the aim of producing 10–15 vol.% crystals in
each experiment with anorthite mole fractions of the crystals between approximately 0.5 and
0.8.

Four bulk compositions were prepared by mixing high purity, powdered oxides (Si, Al
and Mg) and carbonates (Ca and Na) under ethanol, followed by decarbonation (slow heat-
ing from 650–1200 ◦C overnight) and subsequent melting at 1300 ◦C for 10 minutes. After
quenching in water the resulting glasses were ground under ethanol for 1 hour and re-molten
for 10 minutes at 1300 ◦C to promote homogeneity. Trace elements were added as 1000 ppm
AAS standard solutions after grinding under ethanol once more. The following trace ele-
ments were added for a first set of experiments: Li, K, Rb, Sr, Ba, Y, La, Sm, Tb, Zr, Hf,
Th and U. A second set of experiments was doped with K, Zr, Hf, Th and U only, to be
able to achieve higher concentrations of these elements while keeping the total doping levels
below 1 wt.%.

After adding trace elements, compositions were molten at 1300 ◦C and ground one more
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Figure 6.1: The 1 atm. phase diagram of the anorthite-albite-diopside system, used in
this study (after: Kushiro (1973)). Black cubes indicate the four starting compositions.

time to promote trace element homogeneity. All starting powders were then stored at 110 ◦C
until use. Before final grinding, a small chip of each glass was separated and prepared for
electron microprobe analysis.

All experiments were run in air in a 1 atmosphere box furnace at VU University Ams-
terdam. Powders were loaded in platinum capsules with an inner diameter of 1.7 mm and
an outer diameter of 2 mm, which were welded shut to minimise loss of sodium during the
experiments. Platinum wire was used to hang the capsules on another Pt wire, which was
fastened across the top of a platinum crucible. This setup enabled all four compositions
to be run under identical conditions. Temperature in the furnace was measured by a type
B thermocouple (Pt30%Rh-Pt6%Rh) and controlled to within ± 3 degrees. Temperature
calibration was performed based on the melting point of Au.

Each experiment consisted of three steps. First the materials were molten and held above
their liquidus temperature for 2–4 hours. Subsequently, the temperature was decreased by
5 deg/hr to the final run temperature to induce plagioclase nucleation. Experiments were
then kept at run temperature for at least 78 hours to provide ample time for plagioclase
crystallisation and mineral-melt equilibration. The exact run conditions for all experiments
are summarised in Table 6.1.

At the end of each experiment, samples were quenched in water, mounted in epoxy,
polished to a 1 µm finish and carbon coated for electron microprobe analysis. Major element
and potassium analyses were done on the JEOL JXA 8800M electron microprobe at VU
University Amsterdam with an accelarating voltage of 15 kV and a beam current of 25 nA.
Calibration of the measurements was done against natural diopside (Si, Ca, Mg), jadeite
(Na), corundum (Al) and orthoclase (K) standards and a ZAF correction was applied (Reed,
2005).
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Initial T ( ◦C) Melt duration Final T ( ◦C) Run duration

An50-1 1300 4 hrs 1210 78 hrs
An50-2 1280 2 hrs 1200 144 hrs

An60-1 1300 4 hrs 1210 78 hrs
An60-2 1290 2 hrs 1200 104 hrs
An60-3 1280 2 hrs 1200 144 hrs

An70-1 1300 4 hrs 1210 78 hrs
An70-2 1290 2 hrs 1200 104 hrs

An80-1 1300 4 hrs 1230 78 hrs
An80-2 1300 4 hrs 1210 78 hrs
An80-3 1280 2 hrs 1200 144 hrs

Table 6.1: Overview of run conditions.

Trace elements concentrations (excluding K) were measured using Laser Ablation Induc-
tively Coupled Plasma Mass Spectrometry (LA-ICP-MS) at Utrecht University. The setup
consists of a 193 nm ArF Geolas Excimer laser ablation system (Gűnter et al., 1997), which
was coupled to either a Micromass Platform quadrupole ICP-MS (for the first experiment of
each starting composition and experiment An80-2) or a Thermo Finnigan Element 2 sector
field ICP-MS-instrument (all other experiments).

A NIST SRM 612 glass was used as external standard to calibrate the measurements,
whereas the Ca contents as measured by electron microprobe were used as the internal
standard with the LA-ICP-MS 43Ca measurements, to calculate element concentrations.

Samples were ablated with a pulse frequency of 5–10 Hz and a fluence of 5 J/cm2 on
the glass and 1–1.6 J/cm2 on the plagioclase. The laser diameter was set such that ab-
lation craters had a diameter of 30–40 µm. Each measurement consisted of 0.5–1 minute
background measurement and 1 minute sample measurement.

To assess the accuracy of our measurements, trace element concentrations were regularly
measured on the USGS glass standard Columbia River Basalt BCR2-G. Concentrations of
the 4+ elements were generally within error of the recommended values in the GeoReM
database. Concentration of the other elements show larger deviations, but are typically
within 20% of the recommended values provided in the GeoReM database (http://georem.
mpch-mainz.gwdg.de/sample_query_pref.asp).

6.3 Results

Major element compositions, as calculated with MELTS and of the synthesised starting
materials are given in Table 6.2, and the latter are plotted in the albite-anorthite-diopside
phase diagram of Figure 6.1. Synthesised compositions are generally close to the calculated
compositions, with only minor sodium loss occurring during high-temperature synthesis.

Each run product contained a large pool of melt, quenched to a glass, surrounding a
few elongated plagioclase crystals with typical lengths of several hundred µm and widths
of 30–100 µm. No other crystal phases were found. A typical example of a run product is
shown in the backscattered electron image in Figure 6.2.

Two to three successful experiments were performed for each composition. Additional
experiments produced plagioclase crystals that were too small in the shortest dimension to
enable laser ablation analyses. Table 6.3 lists the mineral and melt compositions for each of
the succesful experiments. The last experiment for each composition and experiment An60-2
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n SiO2 Al2O3 MgO CaO Na2O Total

Compo 1
Calculated 61.92 21.68 1.54 6.66 8.19 100
Synthesised 5 61.64(28) 22.13(12) 1.57(1) 6.69(9) 7.79(3) 99.83(19)
Compo 2
Calculated 59.88 20.13 3.47 9.86 6.66 100
Synthesised 10 58.35(20) 20.20(13) 3.38(4) 9.81(10) 6.32(9) 98.07(20)
Compo 3
Calculated 57.07 19.25 5.29 13.59 4.80 100
Synthesised 10 56.08(19) 19.25(7) 5.24(4) 13.48(10) 4.60(4) 98.71(24)
Compo 4
Calculated 53.31 18.38 7.51 18.40 2.39 100
Synthesised 10 52.42(16) 18.38(14) 7.33(6) 18.31(7) 2.22(3) 98.77(53)

Table 6.2: Major element compositions of the synthesised start materials from micro-
probe analysis, compared to calculated (target) values. Numbers between brackets are
one standard deviation in terms of the last digit(s).

Figure 6.2: Backscattered electron (BSE) image of experiment An80-1, showing a
highly elongated plagioclase crystal in dark grey surrounded by a large pool of glass
(light grey) embedded in the Pt capsule (bright white). Black circles are bubbles of air
incorporated into the capsule before welding. The scale bar is 100 µm.

were doped only with 4+ elements and potassium for more precise measurements, all others
are doped with all elements as listed in Section 6.2.

A range of plagioclase compositions between An51 and An81 was produced, enabling us to
study the influence of the plagioclase anorthite content on partition coefficients. Experiments
with the same major element starting composition doped with different sets and quantities
of trace elements led to run products with similar crystal compositions, with the exception
of compo3. The second experiment with this composition resulted in crystals with An# 74,
well above the expected 70.
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This was caused by a breach in the Pt capsule during the experiment, resulting in the
sample material accumulating on the outside of the capsule and associated sodium loss. A
similar problem occured on experiment An50-2. However, in this experiment some material
remained inside the capsule and electron microprobe analysis showed that the breach only
influenced the melt composition, whereas the crystal composition was as expected. The
material inside the capsule was used for further analysis, despite its low melt sodium content.

Trace element concentrations in plagioclase and melt as determined by LA-ICP-MS are
given in Tables 6.4 and 6.5, and resulting partition coefficients (D values, defined as concen-
tration ratios by weight of plagioclase and co-existing melt) for all elements are shown in
Table 6.6. Partition coefficients of Hf, Zr, Th and U from high doping level compositions are
often (but not always) associated with smaller standard deviations than D values derived
from low doping level compositions. Overall, D values of low and high doping level compo-
sitions are within two standard deviations of each other, with the exception of experiment
An60-1. Partition coefficients in this experiment are several orders of magnitude larger. As
discussed below, this is most likely due to a minor amount of melt contamination during crys-
tal analyses, resulting in artificially higher crystal concentrations and corresponding higher
D values for highly incompatible elements.

All elements considered in this study are incompatible in the plagioclase crystal structure
(D<1), except for Sr and Ca, where Ca becomes compatible at lower anorthite numbers. In
general, partition coefficients decrease with increasing element charge, consistent with the
model of Wood and Blundy (2001).

6.4 Discussion

6.4.1 Comparison to previous work

Our results are in good agreement with previous plagioclase-melt partitioning experiments
performed at similar conditions. Our partition coefficients of Li, Mg, Sr and Zr for the
An51 plagioclase are within error of the data from Bindeman et al. (1998) on a similar
composition plagioclase at a temperature of 1190 ◦C. Our La partition coefficient shows a
minor deviation of about 25% from that data. Our D values for An68 are consistent with the
data from Bindeman et al. (1998) on a plagioclase with An# of 67.7 at 1250 ◦C with slightly
larger differences for Li (23%) and Mg (13%), whereas DLa is a factor of 3–4 smaller in our
data. Results from Bindeman and Davis (2000) on An51 and An53 compositions at 1250 ◦C
are within error of our measurements for Mg, K, Sr and Zr, with deviations of maximum
20% for Li and Rb and 25% for La.

Our data for higher anorthite contents can be compared with the recent work of Aigner-
Torres et al. (2007); Tepley III et al. (2010) and Fabbrizio et al. (2009). We compare our data
for An70 to results from Aigner-Torres et al. (2007) for An68 and An74 at a temperature
of 1180 ◦C. Our values for Mg, Sr, Y and La are within error whereas potassium has a 29%
lower partition coefficient in our dataset. Their data on Sr, Y and La was compared to
our An68 data and is almost within error, any deviation is likely caused by the composition
difference. Data on similar compositions has also been collected by Tepley III et al. (2010)
with partition coefficients within 30% of our data for Rb, Sr, Ba and Sm. La again shows a
slightly larger deviation of about 37%.

Fabbrizio et al. (2009) synthesised an An81 composition at a temperature of 1310 ◦C. Our
data on Mg and Sr is within error of their results, whereas Rb and Ba partition coefficients
lie within 10% of their values. Again La shows the largest deviation of about 50%. The good
agreement between our data and previous work on similar crystal compositions at similar
temperatures, suggests that our methods and analyses are of sufficient quality.
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6.4.2 Lattice-strain models

Plagioclase-melt partition coefficients can be rationalised using the lattice strain model (e.g.
Blundy and Wood, 2003a; Aigner-Torres et al., 2007; Fabbrizio et al., 2009). This model
(Blundy and Wood, 1994) describes the partition coefficient of an element as a function of
the lattice strain energy barrier associated with incorporating this element in a specific site
in the crystal lattice. The partition coefficients, Di for a series of elements i with a contant
charge and radius ri, are then described with the following equation:

Di = D0 exp

(
−4πENA[ r0

2
(ri − r0)2 + 1

3
(ri − r0)3]

RT

)
, (6.1)

where E is the apparent site Young’s modulus, NA is Avogadro’s number, R is the gas
constant and T is the temperature in Kelvin. D0 and r0 are the partition coefficient and the
radius of an imaginary element with the same radius as the crystallographic site in which
elements i partition.

The structure formula of plagioclase can be written as AT4O8, where A is a large oc-
tahedral site with a radius of the order of 1.2 Å, which generally contains Na+, Ca2+ and
K+. The smaller tetrahedral site (T), with coordination number IV, mostly contains Al3+
and Si4+. The coordination number of the octahedral site varies along the albite-anorthite
solid solution series (Blundy and Wood, 2003a). For simplicity, a VIII fold coordination is
assumed in this study, as was done in previous work (Fabbrizio et al., 2009; Aigner-Torres
et al., 2007).

According to Equation 6.1, if mineral-melt partition coefficients conform to a lattice
strain model, they should show a near-parabolic dependence of log(D) on ionic radius ri
(so-called Onuma diagrams, after (Onuma et al., 1968) who first noticed this dependence).
Figure 6.3 shows Onuma diagrams for the 1+, 2+, and 3+ elements used in our study. All
experimental data show a clear near-parabolic dependence of log(D) versus ri, consistent
with prior observations on plagioclase-melt systems (e.g. Blundy and Wood, 2003a; Aigner-
Torres et al., 2007; Fabbrizio et al., 2009).

Using lattice-strain theory an estimate can be made into which site the elements in this
study partitioned. Since the focus here is on the radioactive elements, we will also investigate
the charge of uranium, which is likely 6+, due to the high oxygen fugacity in our experiments.

Equation 6.1 was fitted to our data using a least-squares fit, where the inverse of the
relative errors in each data point is used as a weighting factor. These fits are shown as curves
in Figure 6.3. Best-fit values for the lattice strain model parameters r0, E and D0 are given
in Table 6.7.

The data for the 1+ elements as presented in Figure 6.3a show only minor variation as
a function of composition. The significant difference between the fit to the An81 and An82
data is an artifact caused by the lack of potassium data in the latter, leaving only three
data points to fit three unknowns. By definition, this results in a perfect fit through all data
points, independent of their errors.

The 2+ data in Figure 6.3b show one anomalous fit for experiment An60-1. The figure
shows higher partition coefficients for the most incompatible elements, Mg and Ba, on which
contamination with a small percentage of melt during crystal analyses will have the largest
influence (e.g. van Westrenen et al., 2001b; van Kan Parker et al., 2011). This same effect
is also clearly visible for the 3+ elements in this experiment in Figure 6.3c.

All 3+ elements in our study have radii smaller than the lattice site in which they
partition, as was the case in all previous studies. This means that all data points lie on
the left limb of the parabola, resulting in a very poor constraint on the location of r0. To
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(a) 1+ (b) 2+

(c) 3+

Figure 6.3: Onuma diagrams for 1+, 2+ and 3+ trace elements in our experiments.
Symbols show measured partition coefficients from Table 6.6, with associated 1 sigma
error bars. The 8-fold ionic radii are taken from (Shannon, 1976). Curves are fits of the
data to the lattice strain model of Equation 6.1, with fit parameters from Table 6.7.

circumvent this issue, we use the following equation derived by Blundy and Wood (2003a):

r3+
0 = r2+

0 − 0.03 Å (6.2)

to fix r0 and fit only E and D0. The results of these fits are shown in Figure 6.3c.
Finally, Figure 6.4 shows the 4+ Hf, Zr, U and Th partitioning data from the higher-

doping set of experiments. Previous workers have suggested that Zr and Hf might replace Al
or even Si in the small T site (Bindeman et al., 1998; Aigner-Torres et al., 2007). In other
silicates such as garnet this has been observed (van Westrenen et al., 2001a). However, the
fact that DHf < DZr in our experiments is inconsistent with them partitioning into the very
small Al/Si site.

Fits to DZr, DHf and DTh result in very similar r0 values for all 5 highly doped experi-
ments, with a mean value for r0 of 0.925 Å. DU values consistently fall significantly below the
best-fit curves (Figure 6.4). It is important to note that our experiments were performed in
air, in the absence of an oxygen fugacity buffer. At these conditions (log fO2 approximately
-0.7), uranium is not quadruvalent, but present mostly as pentavalent or hexavalent cations
(e.g. Berry et al., 2008). It is therefore not surprising that our U partitioning data do not fit
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Figure 6.4: Onuma diagram of the partition coefficients for Hf, Zr, U and Th (VIII-
fold radii from Shannon (1976)), as measured in this study. Solid curves are fits of the
Zr, Hf, and Th partitioning data to Equation 6.1, assuming they all partition onto the
plagioclase A site. The dashed curve indicates the general shape of a fit of U and Th
partitioning data to Equation 6.1 as suggested by Blundy and Wood (2003a).

the parabolic trends defined by the Zr, Hf and Th data. The fact that our measured DU val-
ues lie significantly below the curve derived from DHf , DZr and DTh is consistent with the
fact that partition coefficients for trace elements with charges > 3+ decrease with increasing
charge (e.g. Wood and Blundy, 2001). However, since the uranium in our experiments is
expected to have a 5+ or 6+ charge (Berry et al., 2008), it will not fit on the parabola
for 4+ elements. This leaves us with 3 datapoints and 3 fit parameters. Making this, by
definition perfect, fit resulted in very similar r0 values for all 5 fits. Given the consistency
of the 3-point fits, we opted to fix r0 for 4+ trace elements to 0.925 Å, and use only E and
D0 as free fit parameters.

The An52 curve clearly deviates from all other fits, with much higher partition coeffi-
cients. As mentioned before, this is likely caused by contamination with small amounts of
melt, during crystal analyses. The other fits are all very similar and make it possible to
estimate a partition coefficient for U4+ of approximately 0.00103. This estimate is required
as at the oxygen fugacity in the Moon uranium is likely to be present in the 4+ state. This
partition coefficient for U4+ is an order of magnitude larger the the measured U partition
coefficients. The fits indicate that the U4+ partition coefficient is independent of the pla-
gioclase composition, in contrast to the measured partition coefficients for U5+/U6+. This
makes it easier to use this value for models of lunar magmatic systems where the exact
plagioclase composition and its variation are not perfectly known.

Table 6.7 lists the values of the fit parameters for the curves shown in Figures 6.3 and
6.4. Our values of 85(5)–116(0.01) GPa for the apparent Young’s modulus are in the same
range as the data compiled by Blundy and Wood (2003a). Our data do not indicate a clear
dependence of E on the anorthite content, consistent with literature data (Figure 6.5). The
lattice site radius r0 does not seem to have a clear correlation with An# either. Blundy and
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An51 An60 An68 An81 An82

1+
D0 0.707(10) 0.805(16) 0.774(11) 1.040(101) 0.851
E (GPa) 57.3(16) 48.6(62) 63.5(16) 63.0(55) 55.8
r0 (Å) 1.158(5) 1.198(19) 1.187(5) 1.196(15) 1.181

2+
D0 2.5330(3) 1.931(27) 1.323(3) 1.126(46) 1.157(94)
E (GPa) 115.54(1) 89.3(13) 94.4(3) 84.6(45) 95.7(80)
r0 (Å) 1.20724(2) 1.222(3) 1.2038(4) 1.207(9) 1.198(12)

3+
D0 0.143(16) 0.084(6) 0.049(3) 0.035(2) 0.035(4)
E (GPa) 302.3(222) 182.0(105) 280.4(115) 231.4(93) 213.3(201)
r0 (Å) 1.177∗ 1.192∗ 1.174∗ 1.177∗ 1.168∗

An52 An58 An59 An74 An81

4+
D0 0.0053(10) 0.00293(3) 0.0037 0.00343(7) 0.0037(10)
E (GPa) 545.5(782) 675.1(30) 768.2 815.2(79) 754.2(768)
r0 (Å) 0.925∗ 0.925∗ 0.925∗ 0.925∗ 0.925∗

Table 6.7: Fit parameters from fitting Equation 6.1 to the measured partition coeffi-
cients.Stars denote values that were fixed before fitting.

Figure 6.5: Apparent Young’s modulus as function of the plagioclase anorthite con-
tent. Grey data points are from the Blundy and Wood (2003a) literature compilation
BW, with their estimate for the constant values of E for each charge as dashed lines.
FA denote more recent data from Fabbrizio et al. (2009).
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Figure 6.6: Ideal site radius r0 for 1+, 2+ and 3+ elements as function of the plagio-
clase anorthite content. Grey data points (BW) are from the data compilation of Blundy
and Wood (2003a). FA refers to more recent data from Fabbrizio et al. (2009).

Wood (2003a) determined a slight decrease of r0 with increasing anorthite content, based
on a data compilation over the full range from albite to anorthite. However, this decrease
seems to be apparent mostly in the data from compositions with an anorthite content of 30%
or less. For higher anorthite contents the data set overlaps with our data and is constant
within error (Figure 6.6).

Other studies with lattice-strain fits to 4+ data are not available. Blundy and Wood
(2003a) suggest a r0 for 4+ elements equal to the r0 for 2+ data minus 0.06 (dotted line
in Figure 6.4), which leads to the prediction that DU4+ is smaller than DTh as observed
in some previous studies. We note that this approach would imply that Hf and Zr cannot
enter the large A site, indicating that they must partition into the tetrahedral site, which
has a radius of the order of 0.4 Å. With IV-fold atomic radii of 0.58 and 0.59 both Hf and Zr
would then fall on the right side of the parabola and therefore DHf would have to be larger
than DZr. Our data suggests the opposite.

More data on partitioning of 4+ elements at low oxygen fugacities (so that U can be
guaranteed to be predominantly 4+) are needed to resolve this issue. XANES studies to
determine the local environment of trace concentrations of Hf, Zr, U and Th in the plagioclase
structure should be performed as well. However, if DU is indeed smaller than DTh at lunar
conditions, our data at least suggests that the partitioning of U4+ and U6+ must be very
similar, since it is unlikely that the 4+ partition coefficient lies below our measured values.

6.5 Implications for the lunar heat budget

Our data on partitioning of U, Th and K between plagioclase and melt, combined with
partitioning data for these elements in other minerals and an LMO crystallisation sequence,
can be used to estimate the total lunar heat budget.

Our calculations use the crystallisation sequence as determined by Snyder et al. (1992)
and highlands plagioclase concentrations for Th, U and K, estimated from three Apollo 16
(67635–67637) and one Apollo 15 (15415) rock sample, which are all considered pristine and
very plagioclase rich (e.g. Wilshire et al., 1972; Warren and Wasson, 1979a). The estimates
of 84 ppb for Th, 13 ppb for U and 180 ppm for K lie within the range of recent remote
sensing and lunar meteorite data (Takeda et al., 2006; Kobayashi et al., 2010). Ratios of
K/Th and U/Th are consistent with estimations of these ratios for lunar surface materials
by Korotev (1998) from surface rocks and Gillis et al. (2004) and Prettyman et al. (2007)
from remote sensing data.
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For the first calculations, the plagioclase found at the lunar surface was assumed to
be formed at the end of plagioclase crystallisation from the LMO, taking into account the
deep excavation due to impacts and the fact that most of the lunar surface is covered with
impact ejecta. With this assumption, an inverse calculation can be done to determine the
concentrations of the radioactive elements in the earlier-formed olivine and pyroxene cumu-
late layers, for which we assume equillibrium crystallisation, following Snyder et al. (1992).
Forward calculations are done for the later-crystallising layers (clinopyroxene, ilmenite-rich
and KREEP), using the fractional crystallisation equations. The mineral-melt partition
coefficients used for all minerals involved are listed in Table 6.8.

The result of this calculation is shown in Figure 6.7a. This figure shows that the dense
ilmenite-rich layer is highly enriched compared to the crust, which is enriched in potassium
but relatively depleted in the other elements.

The total lunar heat budget has also been calculated from our data. To determine
whether our heat production is realistic, an estimate for this value needs to be made from
bulk lunar mantle concentrations of Th, U and K. Estimates for Th and U concentration
were made by Warren (2005). For the K concentration, the Th/K regression of Korotev
(1998) was used. From these present day values mantle concentrations for 4.5 Gyr ago were
calculated, from which in turn a mantle heat production of 21.1×10−12 W/kg was calculated.
This is a factor of 9 lower then the outcome of our calculations.

The resulting present day bulk Moon concentrations from this calculation are 89±12 ppb
for U, 5.24±1.87 ppm for Th, and 11.25±2.53 ppm for K. This is factor of 4 higher than
estimates from Warren (2005) for U, a factor 75 higher for Th, and an order of magnitude
lower for K. Using the relatively low concentrations from Apollo rock sample 15415 results
in concentrations of 7±1 ppb for Th (factor 3 low), 1.68±0.6 ppm for U (factor 15–30 high)
and 9.37±2.11 ppm for K. All errors in these numbers are calculated from the errors in our
partition coefficients only.

These results indicate that the starting concentrations for Th and U in plagioclase,
as taken from Apollo rock measurements, are too high for the primary plagioclase that
crystallised from the magma ocean. To arrive at present day bulk concentrations for Th and
U as estimated by Warren (2005) and K as determined from the Th/K ratio of Korotev (1998)
would require plagioclase concentrations of approximately 1.12±0.62 ppb Th, 3±0.3 ppb U
and 2895±90 ppm K in our calculations. These values decrease to 0.04 ppb Th, 0.11 ppb
U and 175.3 ppm K when the assumption is made that the lunar surface plagioclase is the
first crystallising plagioclase from the magma ocean.

Measured concentrations for radioactive elements in the plagioclase crust could be too

Plagioclase Ilmenite Cpx/Pigeonite Orthopyroxene Olivine

U 0.0011 0.00502 0.0233 0.00175 0.000473

Th 0.000091 0.00212 0.0233 0.0015 0.000053

K 0.211 0.016 0.0094 0.00225 0.000256

Table 6.8: Partition coefficients used for the calculations of Figure 6.7.
1) This study.
2) van Kan Parker et al. (2011)
3) Salters et al. (2002)
4) Blundy and Wood (1994)
5) Frei et al. (2009)
6) Estimated to be a factor of 5 less incompatible than U
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high due to impact cratering, leading to contamination of pristine materials by highly en-
riched, KREEP-influenced material on the lunar surface. Meteorite impacts have covered
most, if not all of the lunar surface with impact ejecta. These ejecta may contain deeper
crust and possibly even mantle material. Due to this process the most primitive plagioclase
is most likely buried deeper under the impact ejecta (Hawke et al., 2003).

Searches for so-called purest anorthosite (PAN) have shown that these anorthosites that
are possibly directly related to the crystallisation of the lunar magma ocean can be found
scattered over most of the lunar surface in the rings and central peaks of large impact craters
(Ohtake et al., 2009; Hawke et al., 2003). Unfortunately, such locations have not been visited
by sample return missions and therefore data on the radioactive trace element concentrations
for such rocks are not available.

If the surface is indeed covered by what is essentially a mix of mantle, lower crust and
upper crust ejecta material, this might explain the similarity of the U/Th and K/Th ratios
for all surface rocks (Korotev, 1998; Gillis et al., 2004; Prettyman et al., 2007), including
both highland and basaltic material and these ratios may not be valid for the plagioclase
that crystallised from the magma ocean.

The outcome of the total heat budget calculation is also very sensitive to the choice of
partition coefficients between plagioclase and melt, since these values determine the con-
centrations of the radioactive elements in the parental magma from which the plagioclase
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Figure 6.7: Calculations of the concentrations of K, U, and Th in the main LMO
cumulate layers (4.5 Gyr ago) derived using different sets of plagioclase-melt partition
coefficients (D). Hest=total lunar heat budget extimated by Warren (2005).
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crystallised and thus the total concentrations in the opx and olivine layers that form the
bulk of the LMO. Figure 6.7b illustrates this sensitivity by taking into account the (positive)
error in our partition coefficients for Th, U and K. Increasing the partition coefficients by
one standard deviation results in significantly lower bulk Moon concentrations for these ele-
ments. This brings the total heat budget to a factor of 6 times the value estimated by Warren
(2005).

Finally, Figure 6.7c shows the implications of using our measured DU value instead
of the predicted value for 4+ uranium. The resulting total heat budget is more than 50
times higher than previous studies. This strengthens our hypothesis that uranium partition
coefficients determined at relatively oxidising conditions are not applicable to lunar mantle
melting models.

6.6 Conclusions and outlook

We have experimentally determined the partition coefficients of 16 elements of varying charge
in plagioclase-melt systems at 1 atmosphere. Lattice-strain model analyses of data for 1+,
2+ and 3+ elements are consistent with their entering the plagioclase A site. Measurements
of Hf, Zr and Th partitioning, indicate that these HFSE might partition into this site as
well, and not into the smaller IV-fold tetrahedral site of the plagioclase crystal structure. U
is 5+ or 6+ in our experiments, but lattice strain modelling enables a prediction of DU for
U4+ as present on the Moon.

Using the experimentally determined partition coefficients for Th, U and K from this
study for plagioclase and from earlier studies for the other lunar minerals, a calculation is
done to estimate the partitioning of the heat production through the lunar mantle and crust.
This calculation indicates that the ilmenite-rich layer, that most likely plays an important
role in lunar mantle overturn and evolution, is strongly enriched compared to the other
mineral layers (including the crust).

Our calculations of the bulk Moon concentrations and total lunar heat production in-
dicate that our initial crustal plagioclase concentrations of Th, U and K (based on Apollo
sample analysis of plagioclase-rich rocks) are too high, suggesting contamination of these
rocks by KREEP-rich materials. Using these high surface concentrations, a 500-fold enrich-
ment in radiogenic heat production is found for the ilmenite-rich cumulate layer, compared
the the crustal plagioclase.

To improve the calculation on heat production in the lunar minerals, accurate knowl-
edge of trace element concentrations for pure LMO-derived anorthosites is essential, likely
requiring new sample return missions. Furthermore, additional work on partitioning of 4+
elements is needed to further constrain which elements partition into which lattice site, in
order to determine the Th and U parition coefficients with higher accuracy. More 4+ ele-
ments with a larger range of atomic radii need to be used (e.g. Ti, Po) and experiments at
reducing conditions need to be performed to ensure uranium is quadruvalent.
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Chapter 7

Thermal equation of state of
synthetic orthoferrosilite at lunar
pressures and temperatures

Abstract

Iron-rich orthopyroxene plays an important role in current models of the thermal and mag-
matic evolution of the Moon, but its density at high pressure and high temperature is not well
constrained. We present in situ measurements of the unit-cell volume of synthetic polycrys-
talline end-member orthoferrosilite (FeSiO3, fs) at simultaneous high pressures (2.8–4.5 GPa)
and high temperatures (1148–1448 K), to improve constraints on the density of orthopyrox-
ene in the lunar interior. Unit-cell volumes were determined through in situ energy-dispersive
synchrotron X-ray diffraction in a multi-anvil press, using MgO as a pressure marker. Our
data were fitted to a high-temperature Birch-Murnaghan equation of state (EoS).

Experimental data are reproduced accurately, with a ∆P standard deviation of 0.17 GPa.
The resulting thermoelastic parameters of fs are: V0=874.06±1.13 Å3, K0=84.06±5.60 GPa
and dK

dT
=-0.046±0.007 GPa/K, assuming K

′
0=10. We also determined the thermal equation

of state of a natural Fe-rich orthopyroxene from Hydra (Norway) to assess the effect of mag-
nesium on the EoS of iron-rich orthopyroxene. Comparison between our two data sets and
literature studies shows good agreement for room-temperature, room-pressure unit-cell vol-
umes. Preliminary thermodynamic analyses of orthoferrosilite, FeSiO3 and orthopyroxene
solid solutions, (Mg1−xFex)SiO3 using vibrational models show that our volume measure-
ments in pressure-temperature space are consistent with previous heat capacity and one-bar
volume-temperature measurements. The isothermal bulk modulus at ambient conditions de-
rived from our measurements is smaller than values presented in the literature. With respect
to the density of orthopyroxene in the Moon, our data suggest a density of ferrosilite that is
about 2% lower than previously thought, equivalent to adding about 10 mol.% magnesium.

7.1 Introduction

Calcium-poor pyroxene is a common rock-forming silicate in the Earth’s crust and upper
mantle, and a major constituent of the lunar mantle. Accurate knowledge of its phase

79
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transitions, thermodynamic, and physical properties at high pressures and temperatures
is essential to model processes such as subduction, partial melting, or the occurrence of
seismic discontinuities. Iron-rich orthopyroxene (nominal composition (Mg,Fe)SiO3) plays
a particularly important role in current models of the thermal and magmatic evolution of
the Moon (e.g. Shearer et al., 2006). The crystallization of increasingly iron-rich pyroxene
during the solidification of a global lunar magma ocean resulted in a gravitationally unstable
mineral stratification in the lunar mantle, which (together with the late crystallisation at
shallow depth of the high-density mineral ilmenite) prompted a large-scale mantle overturn
(e.g. Hess and Parmentier, 1995; de Vries et al., 2010). The thermal effects associated with
this overturn are thought to have led to the formation and eruption of the lunar mare basalts
that cover a significant part of the lunar near-side surface (e.g. Lucey et al., 2006).

Thermo-chemical models of the evolution of the interior of the Moon thus require accurate
knowledge of the density of iron-rich orthopyroxene as a function of pressure, temperature
and chemical composition. Although many studies have focused on the behaviour of enstatite
(MgSiO3) at high pressure, the density of end-member ferrosilite (FeSiO3) has not been
determined to date at simultaneous high pressure and high temperature conditions. Several
workers (e.g. Hugh-Jones et al., 1996; Woodland and Angel, 1997) studied the phase diagram
of ferrosilite, illustrated in Figure 7.1. The topology of this phase diagram equals that of
enstatite (MgSiO3), with orthoferrosilite stable at high temperature, high-clinoferrosilite
stable at high pressure, and low-clinoferrosilite stable near ambient conditions. At the low
pressures in the lunar interior, orthopyroxene is stable in most of the mantle domain.

A number of studies have attempted to constrain the pressure-volume-temperature (P-
V-T) equation of state of both orthoferrosilite and orthoenstatite. Early studies by Smyth
(1973) and Sueno et al. (1976), focused on the behaviour of the crystal structure at 1 atm,
with maximum temperatures below 1000 ◦C. In a study on quenched experiments, Molin
(1989) reached temperatures up to 1150 ◦C. Yang and Ghose (1994) determined the thermal
expansion, Debye temperature and Grűneisen parameter for several orthopyroxene compo-
sitions along the enstatite-ferrosilite solid solution series at ambient pressure and temper-
atures between 296–1300 K. Hugh-Jones and co-workers performed several studies on the
end-members of the orthopyroxene solid solution series, either at high pressure (Hugh-Jones
and Angel, 1994; Hugh-Jones et al., 1997) or at high temperature (Hugh-Jones, 1997), but
not at simultaneous high pressure and high temperature. Zhao et al. (1995) performed simul-
taneous high pressure and high temperature experiments on orthoenstatite. More recently
Nestola and co-workers performed room-temperature measurements on Ca-enstatite (Nestola
et al., 2006) and an Al- and Fe-rich natural pyroxene (Nestola et al., 2008), focussing on
detailed variations in their crystal structure. To our knowledge, no systematic high pressure,
high temperature studies on orthoferrosilite have been performed to date.

Furthermore, no Raman and IR spectra were recorded in P-T space, preventing the
determination of intrinsic anharmonicity and Grűneisen parameters of orthopyroxene. As a
result of this lack of data, both density calculations for Fe-rich orthopyroxene in the lunar
interior, and thermodynamic assessments of orthopyroxene phase stability in Earth’s upper
mantle are at present poorly constrained. In this study, simultaneous high pressure and high
temperature experiments have been performed to determine the P-V-T equation of state of
end-member orthoferrosilite, with the main aim of improving the accuracy of lunar thermo-
chemical evolution models. For comparison similar experiments are performed with a natural
iron-rich orthopyroxene. This natural sample has low Al and Ca contents (<3 wt.%), which
enables an assessment of the influence of Mg content on ferrosilite density at lunar interior
conditions.
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Figure 7.1: Thick lines denote phase boundaries in the FeSiO3 system as determined
by high pressure, high temperature experiments (Woodland and Angel, 1997). Pressure-
temperature conditions of our density measurements for the synthetic FeSiO3 sample
(closed squares) and our Fe-rich natural sample (open squares) are also shown. The
thin black line and the dashed line show the estimated melting curves for the synthetic
and the natural sample from our measurements respectively.

7.2 Experimental details

7.2.1 Starting materials

Synthetic end-member ferrosilite was synthesised from fayalite powder and high-purity SiO2

powder at high pressure and high temperature. The fayalite powder, used for this synthesis,
was made in a GERO vertical gas mixing furnace at VU University Amsterdam. Sample
powder was prepared by mixing high purity Fe2O3 and SiO2 powders under ethanol in the
appropriate proportions. After drying, this powder was loaded and compressed in a cold
sealed rhenium bucket which remains open at the top, and lowered into the furnace. The
oxygen fugacity, as controlled by a mixture of CO and CO2 gas, was set to 2 log units
below the fayalite-magnetite-quartz buffer at a temperature of 1393 K. The sample was
left at these conditions for a total of approximately 24 hours, during which the sample
is removed an rehomogenised several times to promote complete reaction of the starting
powder. At every rehomogenisation step, a small piece of material was removed and checked
for composition using a Renishaw Raman spectrometer with a laser wavelength of 785 nm
at the VU University Amsterdam LaserLaB.

Fayalite powder was then mixed with high-purity SiO2 powder in the appropriate ratio.
The fayalite+SiO2 mixture was ground under ethanol for approximately one hour. The
resulting powder was loaded into a graphite capsule, which was placed inside a crushable
alumina pressure medium. A graphite furnace and a talc-pyrex cylinder were placed around
the alumina. Ferrosilite was then synthesised at a pressure of 2 GPa and a temperature of
1000 ◦C in a 0.5 inch diameter endloaded piston cylinder press at VU Universiy Amsterdam.
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Temperatures were monitored by a W97Re3-W75Re25 (type D) thermocouple. Pressure
calibration was based on the location of the phase boundaries for the reactions:

fayalite↔ ferrosilite+ quartz

and

albite↔ jadeite+ quartz.

The resulting friction correction is <3% (van Kan Parker, 2011; van Sijl, 2011), in agreement
with previous calibrations of similar assemblies (McDade et al., 2002). The sample was
brought straight to the target pressure and temperature using the hot piston in technique,
and left at these conditions for 24 hours.

For comparison with our end-member data, a natural iron-rich orthopyroxene samples
with Mg# (= Mg

Mg+Fe
) of 70.9 is used. This natural sample is a pyroxene from the Norwegian

island Hidra, kindly provided by Dr. Peter Brack (ETH Zűrich).
A small piece of each starting material was mounted in epoxy, polished to a finish of

<1 µm, and carbon coated for analyses on the JEOL JXA 8800M electron microprobe at
VU University Amsterdam. An accelerating voltage of 15 kV and a beam current of 25 nA
was used during the analysis and natural samples were used as standards: diopside for Si
and Ca, corundum for Al, fayalite for Fe and olivine for Mg. The measured major element
composition of both starting materials is given in the first two columns of Table 7.1.

Before Experiments After experiments
Synthetic (n=6) Natural (n=9) Synthetic Natural

SiO2 46.58(21) 54.05(34) 45.90(30) 53.50(26)
Al2O3 b.d 1.70(15) b.d. 1.45(18)
FeO 53.87(29) 17.38(50) 53.88(18) 17.76(45)
MgO b.d 23.64(37) b.d. 24.22(34)
CaO b.d 1.70(85) b.d. 1.17(41)

Total 100.45(36) 98.47(44) 99.78(35) 98.10(26)

Mg# 0 70.8(4) 0 70.9(7)

Table 7.1: Major element compositions of both materials before and after high pressure
experiments in wt.% oxides, as determined by electron microprobe analysis. b.d.=below
detection limit. Numbers in parentheses indicate one standard deviation (1σ) of repli-
cate analyses in terms of last significant numbers: 46.58(21) should be read as 46.58 ±
0.21.

7.2.2 Press and experiment assembly

In situ energy dispersive synchrotron X-ray diffraction experiments at high pressure and
high temperature were performed with the MAX80 multi-anvil setup at beamline F2.1 of
the Hamburger SynchrotronstrahlungsLabor (HASYLAB) at DESY Hamburg. MAX80 is a
DIA-type multi-anvil high-pressure apparatus with six tungsten carbide anvils that compress
a cubic sample volume of 8 x 8 x 8 mm. The anvils are driven by a 250-ton uniaxial hydraulic
ram (e.g. Mueller et al., 2005). A schematic of the cubic assembly and a photo mosaic are
shown in Figure 7.2. In this assembly a boron nitride (BN) cylinder separates the sample
material from the graphite furnace. The furnace is surrounded by a boron-epoxy cube. At
half height, a hole is drilled through the whole assembly, diagonally through the cube. A
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Figure 7.2: Schematic overview (a) and optical microscope picture (b) of the high
pressure assembly. The microscope picture is made of a sample cut through the diagonal
of the cube, perpendicular to the thermocouple. This results in the thermocouple being
visible only as a small white dot, surrounded by dark grey alumina tubing roughly in
the middle of the picture. The top pyrophyllite disk and copper ring are missing in the
bottom picture.
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welded S-type (Pt-Pt10%Rh) thermocouple is inserted in this hole, with the weld in the
centre of the assembly. Inside the assembly, the thermocouple is surrounded by BN powder
to isolate the sample material on one side from the MgO, which is used as a pressure calibrant,
on the other side. Finally, the top and bottom of the assembly are formed by pyrophyllite
disks surrounded by copper rings.

Energy-dispersive X-ray diffraction patterns of samples and pressure calibrants were
collected on a Canberra solid state Ge-detector with fixed Bragg angle 2θ=9.xxx(5)◦. A white
beam collimated down to 100×100 µm was used and detector optics with a 2θ acceptance
angle of 0.005◦, which ensures a high resolution of the observed diffraction patterns. The
2θ angle was calibrated for each experimental run using room-temperature, room-pressure
diffraction patterns of the MgO pressure medium. The detector was calibrated using the Kα
and Kβ fluorescence lines of Cu, Rb, Mo, Ag, Ba, and Tb.

7.2.3 Experimental methods

Each experimental run consisted of the following steps. At room temperature, pressure was
increased to the intended oil pressure. Room temperature synchrotron X-ray diffraction
spectra were collected during compression. At the target pressure, samples were rapidly
heated to 1148 K at a rate of 100 deg/min to prevent transition to the monoclinic phase
before reaching the orthopyroxene stability field (Figure 7.1). The first high temperature
spectra for both MgO and sample material were collected at this temperature. Subsequent
heating steps were 50 K. After data collection at the maximum temperature of 1398 K
(synthetic sample) or 1448 K (natural sample) temperatures were decreased and spectra were
again collected at 50 K intervals. Upon reaching our minimum temperature of 1148 K, most
samples were quenched and room-temperature spectra were collected at several pressures,
including ambient pressure, during decompression. One sample was reheated to temperatures
above 1600 K until the first signs of melting in the diffraction spectra, after which the sample
was quenched.

7.2.4 Analytical techniques

Unit-cell volumes for both MgO and the orthopyroxene samples were determined from the
energy dispersive X-ray spectra using a Rietveld refinement with the GSAS package (Larson
and Von Dreele, 1994), using the EXPGUI software (Toby, 2001).

MgO volumes were determined using three or four of the strongest diffraction peaks. The
sample pressures were calculated from these volumes, using a third order Birch-Murnaghan
equation of state as described in equations 7.1–7.3. Parameter symbols and their units are
summarised in Table 7.2. Where the parameters are constant, values are listed as taken from
Saxena (1996).

P (V, T ) =
3

2
K0T

[(
V0T

V

)7/3

−
(
V0T

V

)5/3
]

×
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1 +

3
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where
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∂KT
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(T − T0) (7.2)

and
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α0(T − T0) +

1

2
α1(T 2 − T 2

0 ) + α2 ln(T/T0)− α3(T−1 − T−1
0 )

}
. (7.3)
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Symbol Description Value

K0T Bulk modulus at ambient pressure and temperature T GPa
P Pressure GPa
T Temperature K
V Unit cell volume Å3

V0T Unit cell volume at ambient pressure and temperature T Å3

K0 Bulk modulus at ambient pressure and reference temper-
ature T0

160.8 GPa

K
′
0 Isothermal pressure derivative of the bulk modulus 4.17

∂KT
∂T

Isothermal temperature derivative of the bulk modulus -0.0297 GPa/K
T0 Reference temperature 298 K
V0 Unit cell volume at ambient pressure and reference tem-

perature T0

As determined from
experiments (Å3)

α0 Thermal expansion coefficient 3.64×10−5 K−1

α1 8.35×10−9 K−2

α2 8.5×10−4

α3 -0.95 K

Table 7.2: Explanation of the symbols used in the equations with in the bottom part
the values used for the equation of state of pressure calibrant MgO.

The unit-cell volumes of the orthopyroxene samples were determined by fitting approx-
imately 20 of the largest intensity peaks of the diffraction patterns to an orthorhombic
unit-cell with space group Pbca.

To ascertain that no contamination of the sample materials has taken place during the
experiments, all run products were analysed by electron microprobe. Oxygen fugacity was
not buffered during the high-pressure experiments. To assess if the absence of a buffer led to
changes in the oxidation state of the starting materials during the experiment, Fe3+/Fe2+

ratios were determined for both starting compositions and run products. Ratios were de-
rived from Mőssbauer spectroscopy performed at the Bayerisches Geoinstitut, University
of Bayreuth, Germany. Samples were prepared for Mőssbauer analysis in several different
ways, depending on the ideal thickness for the analyses. The natural starting material was
mounted as ∼200 µm thick grains with an aggregate diameter of ∼1000 µm on a piece of
mylar film, whereas for the synthetic starting material 0.6 mg of powder was mounted in a
2 mm hole drilled in 1 mm thick Pb foil. For the natural run products thin sections with
a thickness of ∼150 µm were cut from the epoxy-mounted high-pressure assembly. For the
synthetic run products a micro-drill was used to obtain powder from the run product which
was mounted over a 500–1000 µm spot on a mylar film. The effective sample thickness of all
samples based on their composition and geometry was 5–10 mg/cm2.

Mőssbauer spectra were recorded at room temperature (293 K) in transmission mode on
a constant acceleration Mőssbauer spectrometer with a nominal 370 MBq 57Co high specific
activity source in a 12 µm thick Rh matrix. The velocity scale was calibrated relative to
25 µm thick α-foil using the positions certified for (former) National Bureau of Standards
standard reference material no. 1541; line widths of 0.36 mm/s for the outer lines of α-Fe
were obtained at room temperature. Spectra were collected for 12–48 h each, and were fit
using the program MossA (Prescher et al., 2012).
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7.3 Results

The mean values of the major element compositions of all experiments of the same starting
material are listed in Table 7.1. Comparison to the analyses of the start compositions
shows that no significant alteration or contamination with MgO has taken place during the
experiments.

Mőssbauer analyses on both starting materials and run products resulted in spectra
that are consistent with orthopyroxene spectra in the literature. The spectra of the natural
samples were fit to one Fe2+ quadropole doublet, whereas the resolution of the synthetic
samples permitted fitting of two Fe2+ quadropole doublets. An Fe3+ doublet could only be
resolved for some of the samples, for the other samples the minimum detection limit was
estimated from the background signal.

Results show that there is no significant change within the experimental uncertainty in
the Fe3+/

∑
Fe ratio of the natural and the synthetic samples measured before and after the

high-pressure experiments. Fe3+/
∑

Fe ratios for the synthetic sample are less than 6±4%
(1σ) and for the natural sample they are less than 4±2%. These low Fe3+/

∑
Fe ratios make

our sample materials good analogues for lunar orthopyroxenes.
Figure 7.3 shows a typical energy-dispersive X-ray diffraction pattern for the natural

orthopyroxene in the energy range that was used for fitting the unit-cell volumes. Peaks
outside this energy range were significantly lower in intensity and were therefore excluded
from the fit.

Figure 7.3: Typical energy-dispersive X-ray diffraction pattern (natural orthopyroxene
at a pressure of 2.7 GPa and a temperature of 1148 K).

Experiments at 3 different pressures have been performed with the synthetic end-member
ferrosilite (fs, Figure 7.1). A list of pressure-temperature conditions and fitted unit-cell
volumes for MgO and fs is given in the Appendix (Table 7.6), and unit-cell volumes are
plotted as a function of pressure for different isotherms in Figure 7.4.

A third order Birch-Murnaghan equation of state (Equation 7.1–7.3, lines in Figure 7.4)
was fitted to the data using the EosFit program (Angel, 2000) with weights assigned to each
data point, derived from the error in both pressure and orthopyroxene unit-cell volume. The
thermal expansion in this fit contains only the first two terms described in Equation 7.3. Due
to the limited pressure range in our experiments, the pressure derivative of the bulk modulus
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Figure 7.4: Unit-cell volume of synthetic end-member FeSiO3 as a function of pressure
and temperature (symbols), with best-fit equation of state assuming K

′
=10 (curves).

Isotherms are plotted every 100 degrees. For clarity, the data in between, showing very
similar trends, are not shown. Error bars are ±1 standard deviation.

cannot be strongly constrained. Based on work from previous authors on pyroxene equations
of state (Hugh-Jones and Angel, 1997, and references therein) values for K

′
0 between 8 to 12

were chosen. These values are high compared to values for other minerals, but are valid for
orthopyroxenes at the relatively low pressures that are relevant to the Moon. Using different
K
′
0 values results in only very small differences in the final fit and similar errors for all fits.

Best-fit EoS parameters are summarised in Table 7.3 and the resulting EoS for K
′
0=10 is

shown as curves in Figure 7.4. As the fits for K
′
0 values 8 and 12 are nearly indistinguishable

from the curves shown in Figure 7.4, they are not shown in the figure.
The Birch-Murnaghan fits result in fairly large negative values for the temperature

derivative of the bulk modulus (Table 7.3). Choosing a mean value for this parameter
of -0.02 GPa/K derived from a listing of mineral properties by Bass (1995), a new fit was
made to our data. This results in unrealistically large values for V0 and unrealistically low
values for K0.

K
′
0=8 K

′
0=10 K

′
0=12 dK

dT
=-0.02 GPa/K

V0 (Å3) 873.89±1.08 874.06±1.13 874.26±1.18 877.67±1.35
K0 (GPa) 87.06±5.54 84.06±5.60 81.09±5.67 67.67±4.16

K
′
0 8 10 12 10

dK
dT

(GPa/K) -0.044±0.007 -0.046±0.007 -0.047±0.006 -0.02
α0 (×10−5K−1) 2.96±1.52 2.31±1.71 1.66±1.90 5.64±1.11
α1 (×10−8K−2) 3.63±2.37 4.79±2.67 5.87±2.94 -1.33±1.33

Table 7.3: Fit parameters for the synthetic ferrosilite. Errors are 1 standard deviation.
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Figure 7.5: Measured unit-cell volumes for the natural sample as a function of pres-
sure and temperature (symbols), with best-fit equation of state assuming K

′
0=10 (solid

curves). Isotherms are plotted every 100 degrees. For clarity, data in between, showing
similar trends, are not shown. Error bars are ±1 standard deviation.

Table 7.6 lists the difference between the pressure, calculated from the MgO volume and
the pressure, calculated from the fitted pyroxene equation of state (∆P) for each pressure

and temperature point (for K
′
0=10). This value is a measure of the goodness of fit. All ∆P

values are smaller than 3 standard deviations in the pressure and most values are below 2
standard deviations. The standard deviation of ∆P is 0.17, which indicates that the fitted
equation of state describes our data well.

Figure 7.5 shows the measured unit-cell volumes for the natural sample. The measured
volumes for MgO and pyroxene for all pressure and temperature conditions are listed in the
Appendix (Table 7.7), and the resulting EoS parameter fits are given in Table 7.4. The
data for this sample show less scatter than the data for the synthetic sample. The Birch-

K
′
0=8 K

′
0=10 K

′
0=12 dK

dT
free

V0 (Å3) 842.89±0.42 843.15±0.42 843.42±0.42 844.15±0.55
K0 (GPa) 92.12±2.12 87.77±2.02 83.77±1.94 80.68±2.89

K
′
0 8 10 12 10

dK
dT

(GPa/K) -0.02 -0.02 -0.02 -0.008±0.004
α0 (×10−5K−1) 2.56±0.33 2.65±0.31 2.72±0.30 3.01±0.30
α1 (×10−8K−2) 1.86±0.39 1.82±0.37 1.79±0.36 0.95±0.41

Table 7.4: Fit parameters of the natural sample data. Errors are 1 standard deviation.
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Murnaghan fit for K
′
0=10 and dK

dT
=-0.02 GPa/K lies within two standard deviations of the

pressure for most data points (Table 7.7). This results in a better fit of the equation of state,
with smaller errors in the fit parameters (Table 7.4). The ∆P values for this sample show
that the data is reproduced by the equation of state with a standard deviation of 0.16 GPa.

The temperature derivative of the bulk modulus has been set to a constant value of
-0.02 GPa/K for this sample. Fitting this parameter results in a very small value with a
50% error for dK

dT
and larger errors in the other parameters. The value of -0.02 was again

chosen as an approximate mean from a list of values for other minerals (Bass, 1995).
The unit-cell volume of this sample is notably smaller than the unit-cell volume of the

synthetic sample, due to the replacement of Fe by Mg, which has a smaller atomic radius.

7.4 Comparison to previous work

Previous studies on the equation of state of orthoferrosilite by Sueno et al. (1976); Hugh-Jones
et al. (1997) and Hugh-Jones (1997) have resulted in unit-cell volumes at room temperature
and pressure in the range of 874.05–875.6 Å3. Our value of 874.06±1.13 Å3 agrees well with
these data. The V0 value of 877.67±1.35 Å3 from the fit where dK

dT
is fixed to -0.02 GPa/K

lies outside this range, indicating that the temperature derivative of the bulk modulus in-
deed has a relatively large negative value for synthetic orthoferrosilite. Thermal expansion
parameters for our synthetic sample are not very well constrained, due to the necessarily
small temperature range of the experiments. The lowest errors in the thermal expansion
coefficients are found for the fits with K

′
0=8, where errors are still over 50%.

For the natural sample, the scatter in the data is smaller and the thermal expansion is
better determined due to the larger temperature range that could be achieved for this sample
material (due to the higher melting point of this composition, Figure 7.1). However, due to
the strong dependence of the elastic properties on the Mg# it is more difficult to compare

Figure 7.6: Room-pressure, room-temperature unit-cell volumes for pyroxenes with
different Mg#. Green symbols from Sueno et al. (1976); Hugh-Jones et al. (1997);
Hugh-Jones (1997); Smyth (1973); Yang and Ghose (1994) and Molin (1989). The
error envelope on the fit is plotted for 1 standard deviation.
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our data to data from previous studies. In an attempt to compare the unit-cell volume
measurements at ambient pressure and temperature, literature values of this parameter were
plotted against Mg# (Figure 7.6). A linear dependence fits the data well and shows that

our measured volume (for K
′
0=10) at Mg# 70.9 lies within 2 standard deviations of the fit

(errors shown are one standard deviation).
The fit to the data from Figure 7.6 is described as:

V0(Å
3
) = 874.99(39)− 0.425(4)×Mg#, (7.4)

resulting in a predicted volume for our natural sample of 844.88(69) Å3, compared to our
best fit value of 843.15(42) Å3. All our fitted volumes lie within 2 standard deviations of
this value. In this comparison, the presence of small amounts of aluminium and calcium in
our natural sample (Table 7.1) is ignored. Several literature data points in Figure 7.6 were
also collected from natural samples with small amounts of Al, Ca and other minor elements.
These seem to have only a minor influence on the room-temperature, room-pressure volumes.

Values for the bulk modulus of compositions along the full solid solution range show
large variation and no clear dependence on the Mg#. Previously determined bulk moduli
range between 92 and 116 GPa. Our values of 84.06±5.6 GPa for end-member fs and
87.22±2.02 GPa for the natural sample fall just below this range (Figure 7.7).

Hugh-Jones and Angel (1997) and Nestola et al. (2008) have reported low Fe3+ contents
in their starting materials. Although they did not measure the Fe3+ content of their run
products, oxidation of samples during their room-temperature experiments seems highly un-
likely. The low Fe3+ contents of our run products thus do not seem to provide an explanation
for the low bulk modulus compared to previous studies.

Thermal expansion is better determined for our natural sample, with the linear compo-
nent varying from 2.5 to 3 × 10−5 K−1 depending on the choice for K

′
0 and ∂KT

∂T
and a

quadratic component between 1.86 and 0.95 × 10−8 K−2. However, lack of data on similar
compositions makes it impossible to compare these values.

Figure 7.7: Room-temperature, room-pressure isothermal bulk moduli for pyroxenes
with different Mg#. Green symbols from Hugh-Jones and Angel (1994, 1997); Zhao
et al. (1995) and Nestola et al. (2008).
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7.5 Thermodynamic properties in the system
MgSiO3-FeSiO3

Our data can be used to constrain a thermodynamic model for predicting material proper-
ties and phase equilibria in pressure-temperature-composition space in the system MgSiO3-
FeSiO3. Jacobs and de Jong (2005, 2007, 2009) developed a semi-empirical model based on
lattice vibrations. This model requires experimental data to determine model parameters
such as heat capacity, thermal expansivity, sound wave velocities and vibrational frequen-
cies. Compared to polynomial parameterization techniques usually employed for construct-
ing thermodynamic databases, such as those of Holland and Powell (1998) and Fabrichnaya
et al. (2004), vibrational models are additionally constrained by frequencies and Grűneisen
parameters of vibrational modes. These properties are derived from Raman and infrared
spectroscopy.

For ferrosilite, important Raman and infrared spectroscopic measurements in P-T space
are missing. From the available spectroscopic data of ortho-enstatite MgSiO3 and
(Mg1−xFex)SiO3 at ambient conditions measured by Chopelas (1999) and Huang et al. (2000)
a reasonable vibrational density of states can be constructed using the method described by
Jacobs and de Jong (2009). These data together with experimental data for crystal field
splitting for x=0.12 and x=0.20, measured by Victor et al. (2001), constrain the location of
the frequencies of the vibrational modes and therefore the low-temperature heat capacity.
High-temperature heat capacity measurements indicate that intrinsic mode anharmonicity
is present, but because Raman measurements are missing only an average value for all
vibrational modes could be established by the method described by Jacobs and de Jong
(2005).

Elasticity data derived from Brillouin spectroscopy at ambient conditions by Bass and
Weidner (1984) constrain the bulk modulus of ferrosilite at 101±4 GPa, consistent with
room-temperature V-P measurements by Hugh-Jones et al. (1997). Grűneisen parameters
are constrained by one-bar V-T experimental data, but data sets above 600 K from Hugh-
Jones (1997) and Sueno et al. (1976) are conflicting.

Preliminary thermodynamic analyses using the lattice vibrational method in combina-
tion with experimental data available in the literature result in a consistent description of
thermodynamic properties for orthoferrosilite. Our own volume measurements in P-T space
indicate a value of about 84±6 GPa for isothermal bulk modulus, significantly lower than
that indicated by Bass and Weidner (1984). Despite this low value, it is possible to reconcile
our measurements with the available heat capacity and one-bar volume-temperature data.
Our thermodynamic analysis based on our bulk modulus results in approximately 20–50%
smaller values for the Grűneisen parameters for vibrational modes between 40–360 cm−1,
relative to an analysis based on the bulk modulus of Bass and Weidner (1984). Raman or
infrared spectroscopic measurements of the behaviour of vibrational frequencies in P-T space
will be helpful in further constraining a value for the bulk modulus.

The predicted excess volume for orthopyroxene solid solutions based on our measure-
ments results in a negative deviation from ideal behaviour, and that in turn leads to an
accurate representation of one-bar V-T measurements of Yang and Ghose (1994). A ther-
modynamic analysis based on the larger bulk modulus of Bass and Weidner (1984) shows
positive deviation of ideal behaviour in excess volume and predicted volumes for orthopyrox-
ene favour less the measurements of Yang and Ghose (1994). This does not necessarily imply
that our derived bulk modulus should be preferred over that of Bass and Weidner (1984).
In our preliminary models we have started from a simple solid solution in which Mg and Fe
atoms mix in a random way over the octahedral M1 and M2 sites without site preference.
However, experiments by e.g. Saxena and Ghose (1971) and Stimpfl et al. (1999) show that



92 Chapter 7

Fe prefers the larger M2 site whereas Mg prefers occupying the smaller M1 site. That may
lead to a volume contraction relative to that predicted from a simple solid solution model.
Models based on site partitioning of Mg and Fe over M1 and M2 sites are in progress, but not
completed at the time of writing this chapter. Full details of the model and thermodynamic
analyses will be published elsewhere (Jacobs et al., 2012b,c).

7.6 Implications for the Moon

Figure 7.8 shows orthopyroxene density profiles for a simplified lunar pressure/temperature
profile. Density profiles for Mg# 0 and 70.9 are calculated with our equations of state with
a K

′
0 value of 10 and with the fitted dK

dT
for the synthetic sample and a value of -0.02 GPa/K

for the natural sample. For the enstatite equation of state, data from the study of Zhao et al.
(1995) was used. All EoS parameters are summarised in Table 7.5. Enstatite densities under
lunar conditions are significantly lower than ferrosilite densities, due to the lack of iron. The
density of enstatite, as calculated from these equation of state parameters, is 19.0–20.6%
lower than the density of ferrosilite and shows a smaller increase with increasing pressure
and temperature (increasing depth). Assuming a linear relationship between the density
and the Mg#, adding 10 mol.% Mg to an end-member ferrosilite composition decreases the
density with approximately 2%.

To compare our synthetic ferrosilite data with previous studies, the thermal expansion
from Hugh-Jones (1997) and the compressibility from Hugh-Jones and Angel (1997) are
combined and our value of -0.046 is used for dK

dT
. The density profile, resulting from these

parameters is shown in Figure 7.8 as the green line (HJ97). This density is 1.7–2.2% higher

Figure 7.8: Density of different orthopyroxenes under approximate lunar temperature
and pressure conditions. The conditions used for the calculation are linear in both
pressure and temperature as shown in the inset. Note that orthopyroxene is not stable
at the lowest pressures in this figure. TS=This study, HJ97=Hugh-Jones (1997) and
Hugh-Jones and Angel (1997), Z95=Zhao et al. (1995).
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Mg# 0 Mg# 0 (HJ97) Mg# 70.9 Mg# 100

V0 (Å3) 874.06±1.13 876.1±0.2 843.15±0.42 832.68±0.09
K0 (GPa) 84.06±5.60 95.1±3.0 87.77±2.02 102.8±0.2

K
′
0 10 10.6±1.6 10 10.2±1.2

dK
dT

(GPa/K) -0.046±0.007 -0.046±0.007 -0.02 -0.037±0.005
α0 (×10−5K−1) 2.31±1.71 3.22±0.11 2.65±0.31 2.9±0.3
α1 (×10−8K−2) 4.79±2.67 0.00 1.82±0.37 0.7±0.2

Table 7.5: Equation of state parameters used for calculation of the density profiles in
Figure 7.8.

than the density calculated from our parameters. Furthermore, the density increase with
depth for our equation of state is slightly smaller. This density difference is significant: it is
equivalent to changing the Mg# of lunar orthopyroxene by approximately 10 mol.%.

7.7 Conclusions

In this study the thermal equations of state of two iron-rich orthopyroxenes were measured.
Using energy-dispersive synchrotron X-ray diffraction, sample volumes have been measured
at temperatures between 1148 and 1648 K for pressures between 2 and 5 GPa, covering a
significant part of the orthopyroxene stability field.

Preliminary thermodynamic analyses of orthoferrosilite, FeSiO3 and orthopyroxene
(Mg1−xFex)SiO3 using vibrational models show that our volume measurements in pressure-
temperature space are consistent with previous heat capacity and one-bar volume-tempera-
ture measurements. The isothermal bulk modulus at ambient conditions derived from our
measurements is smaller than values presented in the literature. Thermodynamic analyses
show that our measured bulk modulus implies smaller Grűneisen parameters for vibrational
modes in the range between 40 cm−1 and 360 cm−1 relative to values associated with the
bulk modulus established by Bass and Weidner (1984). Additional Raman or infrared spec-
troscopic measurements of vibrational frequencies in pressure-temperature space are required
to more tightly constrain a value for bulk modulus.

The room-temperature, room-pressure volumes, measured in this study are consistent
with a fit to assembled data from previous studies. Our data can be used to estimate
the density of orthopyroxenes with different Mg# under lunar conditions. Comparison of
the density of ferrosilite with the density of enstatite for lunar conditions shows a density
difference of about 20%. Comparison of the ferrosilite density from our equation of state
with an equation of state from Hugh-Jones (1997) and Hugh-Jones and Angel (1997) results
in a density difference of around 2%, which is equivalent to adding approximately 10 mol.%
magnesium.

Acknowledgements

We would like to thank Dr. Peter Brack at ETH Zűrich for kindly donating the natural
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Appendix: Data tables

T (K) VMgO (Å3) P (GPa) ∆P (GPa) a (Å) b (Å) c (Å) VOpx (Å3)

298 74.672(42) 0.00(9) -0.2580 18.406(26) 9.0336(142) 5.2410(76) 871.42(1.09)
298 74.675(45) 0.00(10) -0.0604 18.434(7) 9.0561(42) 5.2321(23) 873.44(31)
298 74.212(45) 1.01(10) 0.0647 18.420(17) 8.9860(85) 5.2247(46) 864.82(71)
298 74.086(49) 1.29(11) -0.2284 18.390(6) 8.9773(39) 5.2068(21) 859.60(30)
298∗ 73.945(58) 1.61(13) 0.3786 18.418(11) 9.0810(54) 5.1552(34) 862.22(64)
298 73.783(45) 1.98(10) 0.0468 18.381(18) 8.9489(90) 5.2047(47) 856.14(74)
298∗ 73.754(62) 2.04(14) 0.2829 18.433(14) 9.0542(61) 5.1384(34) 857.58(68)
298∗ 73.733(64) 2.09(15) 0.2117 18.417(16) 9.0556(73) 5.1359(41) 856.57(82)
298 73.551(47) 2.52(11) -0.3056 18.327(8) 8.9295(45) 5.1879(24) 849.00(36)
298∗ 73.504(64) 2.62(15) -0.1323 18.392(159) 9.0309(67) 5.1148(36) 849.53(71)
298 73.338(45) 3.01(11) 0.2705 18.345(17) 8.9260(91) 5.1886(47) 849.63(73)
298 73.141(45) 3.48(11) 0.1274 18.316(19) 8.9108(101) 5.1775(49) 845.01(75)

1148∗ 75.633(52) 3.13(10) 0.1310 18.461(15) 9.0751(80) 5.2023(43) 871.57(69)
1148 75.284(47) 3.83(9) -0.1149 18.430(8) 8.9708(49) 5.2061(27) 860.74(39)
1148 74.957(45) 4.49(9) 0.0516 18.404(17) 8.9418(88) 5.1990(47) 855.56(72)
1198∗ 75.838(46) 3.04(9) 0.2250 18.488(14) 9.0056(63) 5.2582(39) 875.46(66)
1198 75.394(46) 3.92(9) -0.0060 18.437(8) 8.9754(50) 5.2101(30) 862.16(40)
1198 75.225(47) 4.25(9) -0.2236 18.410(18) 8.9408(89) 5.2013(48) 856.16(75)
1248∗ 76.008(45) 3.02(9) 0.2192 18.493(8) 9.0310(36) 5.2521(26) 877.18(40)
1248 75.557(45) 3.90(9) -0.0400 18.442(8) 8.9814(52) 5.2103(30) 863.00(41)
1248 75.361(46) 4.28(9) -0.0999 18.429(18) 8.9483(92) 5.2031(49) 858.02(76)
1298∗ 76.272(46) 2.83(9) -0.0968 18.468(8) 9.0678(36) 5.2366(23) 876.94(38)
1298 75.705(46) 3.91(9) -0.0118 18.452(7) 8.9854(42) 5.2116(24) 864.09(33)
1298 75.521(49) 4.27(10) -0.0838 18.440(19) 8.9474(93) 5.2071(51) 859.09(79)
1348∗ 76.407(45) 2.88(8) -0.1162 18.465(10) 9.0806(43) 5.2313(28) 877.14(49)
1348 75.852(49) 3.93(9) 0.1022 18.472(8) 8.9927(49) 5.2136(27) 866.03(38)
1348 75.647(50) 4.32(10) 0.0825 18.454(19) 8.9491(91) 5.2134(53) 860.96(82)
1398∗ 76.630(49) 2.78(9) -0.2347 18.477(11) 9.0914(51) 5.2266(32) 877.98(60)
1398 75.992(48) 3.97(9) 0.0729 18.475(8) 8.9814(51) 5.2176(29) 865.77(42)
1398 75.828(46) 4.28(9) 0.0363 18.456(19) 8.9540(95) 5.2124(55) 861.39(84)
1448 75.924(45) 4.39(9) 0.1242 18.452(19) 8.9623(65) 5.2070(54) 861.11(77)

Table 7.6: MgO volumes, pressures and dimensions of the Opx axes for the experiments
on the synthetic sample. *=collected on compression/heating, all other data points
collected on cooling and decompression.

T(K) VMgO(Å3) P(GPa) ∆P(GPa) a(Å) b(Å) c(Å) VOpx(Å3)

298 74.716(45) 0.00(10) 0.2279 18.281(13) 8.8677(51) 5.2149(33) 845.38(57)
298 74.647(46) 0.15(10) -0.1075 18.263(12) 8.8489(51) 5.2025(31) 840.73(56)
298∗ 74.568(52) 0.22(11) -0.0626 18.286(9) 8.8425(35) 5.1977(24) 840.44(42)
298∗ 74.386(64) 0.62(14) 0.6213 18.270(14) 8.8377(63) 5.2001(41) 839.64(73)
298 74.352(47) 0.79(10) 0.1342 18.238(13) 8.8321(53) 5.1965(33) 837.07(59)
298∗ 74.288(62) 0.84(14) 0.1587 18.270(13) 8.8281(51) 5.1887(31) 836.90(55)
298∗ 74.196(75) 1.04(17) -0.1081 18.258(17) 8.8016(78) 5.1825(49) 832.83(90)
298 74.217(42) 1.09(9) -0.0008 18.223(13) 8.8198(51) 5.1849(31) 833.32(57)
298∗ 74.061(68) 1.34(15) 0.1299 18.245(13) 8.7990(53) 5.1845(32) 832.30(58)
298∗ 73.999(69) 1.48(16) -0.2633 18.209(17) 8.7831(74) 5.1769(48) 827.96(89)
298 73.997(181) 1.59(41) 0.3063 18.207(15) 8.8097(58) 5.1856(36) 831.75(65)
298∗ 73.944(68) 1.61(15) 0.0022 18.205(17) 8.7785(69) 5.1879(41) 829.08(74)
298∗ 73.764(75) 2.02(17) 0.0334 18.209(17) 8.7725(78) 5.1716(52) 826.10(94)
298∗ 73.670(69) 2.23(16) -0.3157 18.179(14) 8.7480(56) 5.1679(34) 821.84(62)
298∗ 73.479(67) 2.68(16) -0.2513 18.184(18) 8.7381(77) 5.1549(48) 819.10(90)
298∗ 73.285(69) 3.13(16) 0.2189 18.149(14) 8.7374(56) 5.1661(34) 819.20(61)
298∗ 73.177(68) 3.39(16) -0.1939 18.172(20) 8.7168(85) 5.1424(53) 814.55(1.00)
298∗ 72.962(63) 3.91(15) -0.2999 18.091(17) 8.7023(65) 5.1480(40) 810.46(72)
298∗ 72.921(66) 4.01(16) -0.0114 18.128(20) 8.7145(85) 5.1381(54) 811.67(1.00)
1148 76.121(51) 2.19(10) -0.0866 18.277(14) 8.8882(65) 5.2197(38) 847.94(69)
1148 75.876(47) 2.74(9) 0.1029 18.290(15) 8.8565(60) 5.2142(38) 844.64(68)
1148 75.070(84) 4.26(17) 0.1748 18.221(9) 8.8075(36) 5.1890(23) 832.74(44)
1148 75.046(59) 4.31(12) 0.1351 18.227(13) 8.8055(56) 5.1841(36) 832.05(65)
1198 76.228(50) 2.30(9) 0.0039 18.285(13) 8.8959(62) 5.2225(37) 849.52(67)
1198 76.001(47) 2.81(9) 0.0915 18.298(15) 8.8637(63) 5.2138(40) 845.63(70)

Table 7.7 –continued on next page–
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–continued from previous page–
T(K) VMgO(Å3) P(GPa) ∆P(GPa) a(Å) b(Å) c(Å) VOpx(Å3)

1198 75.292(79) 4.11(16) -0.0188 18.227(9) 8.8127(37) 5.1914(24) 833.89(44)
1198 75.170(64) 4.36(13) 0.1216 18.236(13) 8.8077(58) 5.1867(38) 833.07(69)
1248 76.381(43) 2.32(8) -0.0572 18.294(12) 8.8968(55) 5.2256(34) 850.51(61)
1248 76.154(47) 2.83(9) 0.0392 18.307(15) 8.8654(60) 5.2172(38) 846.73(68)
1248 75.430(73) 4.14(14) 0.1644 18.242(9) 8.8257(37) 5.1967(23) 836.67(43)
1248 75.339(64) 4.32(13) -0.0525 18.239(13) 8.8101(58) 5.1873(38) 833.55(68)
1298 76.529(40) 2.35(7) -0.0849 18.330(12) 8.8904(51) 5.2265(33) 851.73(60)
1298 76.302(48) 2.85(9) 0.0361 18.316(15) 8.8708(61) 5.2205(39) 848.19(69)
1298 75.585(64) 4.14(13) 0.1169 18.248(9) 8.8342(38) 5.1977(24) 837.91(44)
1298 75.388(62) 4.53(12) 0.0833 18.247(13) 8.8137(58) 5.1894(38) 834.57(68)
1348 76.682(23) 2.38(4) -0.2013 18.316(12) 8.8935(52) 5.2316(34) 852.18(62)
1348 76.443(50) 2.90(9) 0.0020 18.321(15) 8.8739(61) 5.2238(39) 849.26(69)
1348 75.692(61) 4.24(12) 0.0778 18.266(9) 8.8267(37) 5.2004(24) 838.47(43)
1348 75.660(103) 4.30(20) -0.2946 18.251(13) 8.8156(56) 5.1899(36) 835.03(65)
1398 76.860(26) 2.36(5) -0.1095 18.345(11) 8.8976(49) 5.2384(32) 855.06(59)
1398 76.561(50) 2.98(9) -0.0246 18.325(15) 8.8780(59) 5.2248(39) 850.00(68)
1398 75.828(68) 4.28(13) -0.0009 18.275(9) 8.8315(36) 5.1995(24) 839.16(43)
1398 75.825(102) 4.28(20) -0.2891 18.263(13) 8.8212(55) 5.1943(36) 836.83(65)
1448 77.001(49) 2.41(9) -0.0096 18.365(11) 8.9033(47) 5.2437(33) 857.38(58)
1448 76.601(53) 3.21(10) 0.0509 18.329(15) 8.8784(60) 5.2257(38) 850.40(68)
1448 75.931(121) 4.38(23) -0.3122 18.265(13) 8.8205(53) 5.1985(34) 837.50(63)
1448 75.922(70) 4.40(13) 0.0451 18.273(8) 8.8343(34) 5.2048(22) 840.22(41)
1498 77.065(32) 2.60(6) 0.0705 18.380(29) 8.9058(124) 5.2431(85) 858.22(1.54)
1498 76.031(75) 4.49(14) 0.2579 18.293(10) 8.8457(43) 5.2092(29) 842.90(53)
1548 76.197(72) 4.48(13) 0.2689 18.302(10) 8.8518(42) 5.2149(27) 844.83(52)
1598 76.373(57) 4.45(10) 0.0014 18.296(10) 8.8503(46) 5.2157(30) 844.58(59)
1648 76.463(82) 4.58(15) 0.0264 18.299(13) 8.8547(60) 5.2178(42) 845.44(73)

Table 7.7: MgO volumes, pressures and dimensions of the Opx axes for the experiments
on the natural sample. *=collected on compression, all other data points collected on
cooling and decompression.
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Thermodynamically selfconsistent
convection models of lunar
thermo-chemical evolution

Abstract

Convection models for the thermo-chemical evolution of the Moon after solidification of the
lunar magma ocean (LMO) generally use a compositional setup based on simplified param-
eterisations. Here we present new thermo-chemical evolution models, including information
on the mineral assemblages predicted by models of the crystallisation sequence of the LMO.
Detailed compositional layering of the initial state is used and a selfconsistent thermody-
namical formalism is included for the computation of mineral properties in the context of
compressible convection models. Changes in the partitioning of Fe and Mg, as well as the
heterogeneous distribution of the main heat producing elements K, U and Th in LMO cumu-
lates, are taken into account through the decrease of the Mg# (increase in density) of, and
the progressive enrichment of radioactive, heat producing elements in the later crystallising
minerals.

Results show that enhanced heat production in the dense, late-crystallising, ilmenite-rich
cumulates, aided by entrainment of overlying crustal rocks strongly enriched in Th, U and
K (KREEP), initially increases mantle and core temperatures after the layer sinks rapidly
towards the core-mantle boundary region. The extent and duration of core heating are very
sensitive to the Mg# (density) of the ilmenite-rich material, as a more stable layer on top of
the core-mantle boundary (requiring a higher density) results in higher core temperatures.

Comparison between seismic velocities from our model results with available lunar data
shows that models with a fully entrained KREEP layer result in a seismic low velocity zone
that is not present in the lunar data. This suggests that only a part of the KREEP material
has been entrained in the ilmenite-rich cumulate that sinks to the core-mantle boundary.

8.1 Introduction

Numerical convection models of lunar interior evolution generally start after full solidification
of the magma ocean, that is assumed to have covered the Moon shortly after its formation

97
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(Wood et al., 1970; Smith et al., 1970). Petrological modeling (Snyder et al., 1992) and
experimental data (Elardo et al., 2011; Tronche and van Westrenen, 2011) show that magma
ocean solidification results in a layered mantle. However, most convection studies use a
simplified compositional setup with a homogeneous mantle composition with at most one
compositionally distinct layer, in the form of a high-density ilmenite-bearing cumulate layer,
that initially forms at shallow depth during the last stages of crystallisation (Spohn et al.,
2001; Stegman et al., 2003; Ziethe et al., 2009; Parmentier et al., 2002).

Calculations of the crystallisation sequence of a Lunar Magma Ocean (LMO) by Snyder
et al. (1992) show that LMO solidification yields thick olivine and orthopyroxene layers at
the bottom, followed by more clinopyroxene-rich material. At approximately 75% crystalli-
sation, plagioclase becomes a stable phase. Due to its low density, plagioclase floated to the
surface to form the lunar crust. After more than 95% crystallisation, the high-density min-
eral ilmenite ((Fe,Mg)TiO3) starts to crystallise at shallow depth. The final residual melt,
solidifying between the plagioclase-rich crust and the ilmenite-bearing cumulates, is highly
enriched in incompatible elements and forms the so-called KREEP layer (termed after its
enrichment in potassium (K), Rare Earth Elements and Phosphorous).

Progressive enrichment of later crystallising layers in incompatible elements takes place
during the whole fractional crystallisation process. This process influences the heat pro-
duction in the different cumulate layers due to the increased concentrations of radioactive
elements in later crystallising layers, and it also influences the density of the layers. Iron
and magnesium, due to their similar charge and ionic radius, commonly enter the same
crystallographic sites in (lunar) minerals, but iron is generally slightly less compatible in
mineral structures than Mg. This causes progressive enrichment in iron in residual melts,
resulting in higher Fe concentrations (lower Mg#=mol.% Mg

Mg+Fe
) and hence higher densities

of later crystallising cumulates as Fe has a significantly higher mass than Mg. This results
in a gravitationally unstable situation that is thought to have led to a large-scale overturn of
the LMO cumulate pile (de Vries et al., 2010; Parmentier et al., 2002; Elkins-Tanton et al.,
2011). This overturn could play a key role in many aspects of lunar evolution including the
duration of mare basalt formation (Shearer et al., 2006; Hiesinger et al., 2003), the longevity
of an internally generated magnetic field (Stegman et al., 2003; Shea et al., 2012), and the
presence of a partial melt layer in the lunar lower mantle (van Kan Parker et al., 2012).

In this study, we present numerical convection models of lunar interior evolution that
explicitly take into account both the density stratification and the heterogeneous heat pro-
duction in the layered cumulate pile that results from LMO solidification. Density, thermal
expansivity and specific heat computations of the minerals in our convection models are
based on the lattice dynamics formalism of Jacobs and de Jong (2007, 2009), Jacobs and
van den Berg (2011), and Jacobs et al. (2012a,b,c), that is constrained by high-pressure,
high-temperature experimental data. This approach represents a comprehensive description
of thermophysical parameters that enables incorporation of experimental data in a selfcon-
sistent way.

Similarly, seismic wave speed predictions can be generated from the results of the convec-
tion model in a selfconsistent way, using calculations of the bulk modulus and shear modulus
included in the lattice dynamical formalism. Such wave spreed predictions can be compared
with available models for the interior of the Moon, obtained from travel time data from
the Apollo seismic network (e.g. Lognonné et al., 2003; Weber et al., 2011; Garcia et al.,
2011). We have also compared our model predictions of seismic wave speed with seismic
tomographic images derived from the Apollo network data (Zhao et al., 2008, 2012).
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8.2 Model description

To study lunar overturn dynamics, while limiting computational costs to an acceptable level,
the convection equations in this study are solved on a 2D cylindrical finite element mesh.

In contrast to earlier studies (e.g. de Vries et al., 2010; Spohn et al., 2001; Ziethe et al.,
2009; Stegman et al., 2003), we do not assume incompressibility. Instead we use the anelastic
liquid approximation (ALA) (Steinbach et al., 1989; Jacobs and van den Berg, 2011). This
approximation allows us to describe the material properties of the mineral assemblages in
our models in more detail and in agreement with predictions from petrology and mineral
physics.

8.2.1 Non-dimensional model equations

The convection equations are derived from the equations for conservation of mass, energy,
momentum and material composition. They are non-dimensionalised using the standard
scale factors: the mantle depth h for length scales, the thermal diffusion time h2/κ0 for time
and a temperature scale value ∆T .

The non-dimensional convection equations in the anelastic liquid approximation are then
described as follows (for symbol explanation, see Table 8.1):

Conservation of mass:
∂j(ρuj) = 0. (8.1)

Conservation of energy:

ρcp
DT

Dt
= αρg(r)Di(T + T0)w +

Di

Ra
Φ + ∂j(k(d)∂jT ) + ρRH, (8.2)

where the righthand side terms describe respectively: adiabatic heating, viscous dissipation,
conductive heat transport and internal heating due to the decay of radioactive elements.

In this equation the gravity accelaration g is not constant as is generally assumed in
planets with an Earth-like core mass fraction (Xc ∼ 0.3) (van den Berg et al., 2010), but
depth dependent (de Vries et al., 2010). Due to the small and relatively low density lunar
core (e.g. Garcia et al., 2011; Weber et al., 2011, and references therein), gravity in the lunar
mantle decreases substantially towards the core-mantle boundary. The gravity acceleration
profile, used in our models, is calculated for a spherically symmetric Moon model in agree-
ment with the lunar mass and a core mass fraction of 1.30×10−2, assuming a homogeneous
mantle density.

Another depth-dependent parameter is the thermal conductivity k. A mean value for
silicate minerals of 4 W m−1 K−1 is used for the lunar mantle. However, for the crust a lower
value of 2 W m−1 K−1, more appropriate for plagioclase (Sundberg et al., 2009; Schumacher
and Breuer, 2006), was applied.

Conservation of momentum:

∂j(η(P, T )[eij −
1

3
ekkδij ])− ∂i∆P = g(r)êriB(P, T, ~C)Ra, (8.3)

where B(P, T, ~C) is the buoyancy ratio expressed in the temperature and composition depen-
dent density perturbation ∆ρ(P, T, ~C) = ρ(P, T, ~C)− ρr(P ) and a reference density profile,
corresponding to a volume averaged mineral composition and reference profile for the temper-
ature. êri is the directional cosine, expressing the direction of the radial vector in cartesian
components. The pressure and temperature dependent viscosity in this equation is described
as:

η(P, T ) = B(r) exp(bd− cT ), (8.4)
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Parameter Meaning Value

A Surface area core-mantle boundary 7.7×105 km2

B(P, T, ~C) Buoyancy number: B = ∆ρ(P,T, ~C)
ρ0α0∆T

~C Composition vector
cp Specific heat
cp0 Scale factor specific heat 1250 J kg−1 K−1

cpc Specific heat of the core 675 J kg−1 K−1

d Depth coordinate

Di Dissipation number: Di = α0g0h
cp0

eij Non-deviatoric strain rate tensor: eij = ∂ui
∂xj

+
∂uj

∂xi

e Second invariant of the non-deviatoric strain rate:
√

1
2
eijeij

g Gravity acceleration
g0 Scale factor/surface value gravity acceleration 1.62 m s−2

H(C, t) Composition and time dependent internal heat production
H0 Internal heating at t=0
h Domain height (=mantle depth) 1388 km
k(d) Thermal conductivity
NC Number of components of the composition (Figure 8.1) 5
qc(t) Average heat flow density through the core-mantle bound-

ary
rm Lunar radius 1738 km
rc Core radius 350 km

R Internal heating number: R = H0h
2

cp0κ0∆T

Ra Rayleigh number: Ra = ρ0α0g0∆Th3

η0κ0

T Temperature
∆T Temperature scale parameter 1650 K
Ts Surface temperature 250 K
T0 Dimensionless surface temperature: T0 = Ts

∆T
6.6

Tc Core temperature
t Time
Vc Core volume 1.8×108 km3

w Radial velocity
Xi Mass fraction of the ith compositional end-member
α0 Scale factor thermal expansion coefficient 4×10−5 K−1

η(P, T ) Viscosity: η(P, T ) = B(r) exp(bd− cT )
η0 Viscosity scale value 1023 Pa s
∆ηp Viscosity contrast over the domain, due to pressure 10
∆ηT Viscosity contrast over the domain, due to temperature 1000
κ(d) Thermal diffusivity: κ = k

ρcp

ρ(P, T, ~C) Local density of the compositional mix
ρr(P ) Reference mantle density

∆ρ(P, T, ~C) Local density contrast: ∆ρ(P, T, ~C) = ρ(P, T, ~C)− ρr(P )
ρc Core density 5300 kg m−3

Φ Viscous dissipation Φ = η(e− 2
3
(∇ · ~u)2)

Table 8.1: Explanation of the symbols used in the governing equations. All parameters
in the equations are dimensionless. If a parameter is constant troughout all models its
value with dimension is given.
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where b = ln(∆ηP ) and d = ln(∆ηT ). The viscosity prefactor is equal to the viscosity scale
factor in most of the mantle, except for a 20 km thick low viscosity layer at the crust-mantle
interface where B is an order of magnitude smaller to decouple crust and mantle. The crust
is modelled with a viscosity prefactor 100 times the viscosity scale factor.

Material composition is defined as a mechanical mix of NC end-member mineral as-
semblages. A composition vector ~C is defined from the end-member mass concentrations
Xi = ci, i=1,· · · ,NC − 1 and XNC = 1−

∑NC−1
j=1 Xj .

Effective material properties ρ, α, cp, H and seismic velocities vp and vs are computed for
the mechanical mix, the composition of which is determined in terms of the mass fractions
Xi. The property values of the compositional end-members are computed from 2D pressure-
temperature tables as described in Jacobs and van den Berg (2011).

A non-diffusive transport equation for the composition vector:

D~C

Dt
= 0, (8.5)

is solved using 5×105 particle tracers that are advected by the convective flow with a particle
in cell method (Hockney and Eastwood, 1988).

8.2.2 Initial and boundary conditions

At the top boundary, a no-slip boundary condition is applied and a constant temperature
of 250 K, a rough estimate of the average lunar surface temperature. At the core-mantle
boundary a free-slip condition is applied, combined with a time-dependent temperature
condition, that is described by the cooling of the core. The core is assumed to have a radius
of 350 km and a density of 5300 kg/m3 (Fe-FeS compostion) (Garcia et al., 2011) and is
modelled as a heat reservoir, which cools according to the following equation (Steinbach
et al., 1993):

dTc
dt

= − Ac
ρccpcVc

qc(t) (8.6)

On the final two boundaries, that result from the truncation of the domain to a 180
degree aperture angle, free slip and zero heat flux boundary conditions are applied.

The initial temperature profile consists of two 100 km thick thermal boundary layers at
the surface and the core-mantle boundary with a linear temperature increase from 1200–
1600 K in between.

The convection equations in our models are solved on a 2D cylindrical finite element mesh
using a convection code, based on the finite element package SEPRAN (http://dutita0.
twi.tudelft.nl/sepran/sepran.html). The mesh used for our models has an approxi-
mately 14 km radial resolution (100 elements) and 5 km (core-mantle boundary) to 27 km
(surface) resolution in the angular direction (200 elements). In order to describe the strong
viscosity contrasts at the crust-mantle interface more accurately, refinement to a radial res-
olution of 4 km is used at this interface.

A high-resolution test model was performed to check the accuracy of this resolution.
This model used 125 radial and 250 angular elements. No significantly different results were
found, indicating that our resolution is sufficiently high.

8.2.3 Description of the mineralogical composition

The initial compositional setup consists of a layered mantle, following the model of Snyder
et al. (1992). Figure 8.1 shows a schematic of this setup.
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Anorthositic crust

1388 km

Pig + Cpx + Ilm
50 km

80 km
Clinopyroxene +

Olivine + pigeonite
140 km

Orthopyroxene

455 km

Olivine

Figure 8.1: Schematic figure of the initial compositional setup after Snyder et al.
(1992). Pig=pigeonite, Cpx=clinopyroxene and Ilm=ilmenite.

The mineral physics model of Jacobs and de Jong (2007, 2009), used for the calculation of
the tables with thermodynamic properties of the minerals, is restricted to a three-component
system of FeO, MgO, SiO2. Properties for orthopyroxene are based on Jacobs et al. (2012b).
The experimental data on orthopyroxenes from Chapter 7 are not incorporated in these
models. Application of the data from Chapter 7 is postponed until remaining inconsistencies
among different data sets have been resolved in future work. The three components FeO,
MgO and SiO2 in the mineral physics model make up >90 wt.% of the composition of
the Moon, but several elements that are important in particular cumulate layers shown in
Figure 8.1 are not included. Most importantly, TiO2 is required for determining the mineral
physics of ilmenite. A separate model, based on Jacobs et al. (2012a) is used for these
computations. Furthermore, as anorthositic plagioclase contains major amounts of Ca, Al
and Na, the lunar crust cannot be described by a three component model. However, lunar
plagioclase forms a stable crust from the moment of crystallisation and is therefore likely to
remain at the surface during our model runs. Constant values for plagioclase thermodynamic
properties at low pressure and temperature taken from the work of Tribaudino et al. (2010),
Angel (2004), Robie et al. (1978), and Kono et al. (2008) are therefore thought to be a
reasonable approximation.

Pigeonite, crystallising in two of the uppermost cumulate layers in Figure 8.1 is a Ca-
rich clinopyroxene. Since calcium is not included in the thermodynamic model, this mineral
is approximated by an orthopyroxene with similar density. Clinopyroxene, crystallising at
shallow depth is also approximated by orthopyroxene. The density of these late crystallising
layers is relatively high, due to the increased Fe concentration in later crystallising min-
erals. This effect contributes to the gravitational instability of the cumulate pile. Unless
the clinopyroxene contains a significant amount of Ca, a phase transition to orthorombic
pyroxene will occur soon after the initiation of the overturn, due to increased temperature
and pressure conditions (Woodland and Angel, 1997).

The Mg#’s of the different layers are chosen according to the LMO crystallisation model
of Snyder et al. (1992) with a constant mean Mg# for each separate layer. During crys-
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tallisation of the ilmenite-rich layer, the Mg# of the magma and therefore the Mg# of the
crystallising material decreases strongly from approximately 40 to zero (Snyder et al., 1992).
Therefore, in this study models with three different Mg#’s for this layer (0, 20 and 40) have
been performed to assess the sensitivity of the models to bulk compositional changes in the
ilmenite-bearing layer.

8.2.4 Composition dependent heat production

In addition to the density, thermal expansion and specific heat, heat production due to
radioactive decay is also composition dependent in our models. During magma ocean crys-
tallisation, radioactive elements partially partition into the minerals and partially remain in
the co-existing melt, depending on their compatibility in the crystal structure of the crys-
tallising mineral. This compatibility is described by a mineral-melt partition coefficient D,
defined as the concentration of the element in the crystal structure, divided by the concen-
tration remaining in the co-existing melt. As discussed in Chapter 6, combining partition
coefficients for the lunar minerals considered in Figure 8.1 (Table 8.2) with models of the
LMO crystallisation sequence as discussed above (Snyder et al., 1992) and estimates of the
total concentration of radioactive elements in the Moon (Warren, 2005), concentrations of
radioactive elements can be calculated for each mineral layer. The partition coefficients for
plagioclase, measured in the study described in Chapter 6, are a key parameter in these cal-
culations, as estimates for concentrations in the crustal plagioclase are available from remote
sensing data an Apollo rock samples.

In our models, the KREEP layer, situated in between the crust and the ilmenite-bearing
cumulate, is not explicitely modelled. However the concentrations of radioactive elements
in this layer have to be taken into account. In our end-member models these elements are
added either to the ilmenite-rich layer (internal heating model H1), or to the crust (internal
heating model H2). These two heat production models represent end-member scenarios. In
model H1, the KREEP layer gets fully entrained with the underlying ilmenite-rich layer,
sinking towards the deeper interior during lunar mantle overturn. In model H2, the KREEP
layer remains at shallow depth below the crust. Heat production values, calculated for each
layer and for both internal heating models, are summarised in Table 8.3. Details on the
calculations of the composition-dependent heat production are described in Chapter 5.

Plagioclase Ilmenite Cpx/Pigeonite Orthopyroxene Olivine

U 0.001031 0.00502 0.0233 0.00175 0.000473

Th 0.000091 0.00212 0.0233 0.0015 0.000053

K 0.211 0.01006 0.0094 0.00225 0.001007

Table 8.2: Partition coefficients used for the calculation of the heat production for the
different compositional layers in our models.
1) (Chapter 6)
2) (van Kan Parker et al., 2011)
3) (Salters et al., 2002)
4) (Blundy and Wood, 1994)
5) (Frei et al., 2009)
6) Estimated to be a factor of 5 less compatible then U
7) Estimated from Hart and Brooks (1974) and Philpotts and Schnetzler (1970)
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Th-232 U-235 U-238 K-40 Total
(W/kg) (W/kg) (W/kg) (W/kg) (W/kg)

Crust
H1 2.5×10−15 4.6×10−15 1.1×10−13 1.7×10−12 1.82×10−12

H2 1.4×10−11 1.1×10−12 2.6×10−11 4.0×10−12 4.51×10−11

Ilmenite-rich
H1 4.0×10−11 3.1×10−12 7.2×10−11 9.1×10−12 1.24×10−10

H2 5.2×10−12 4.1×10−13 9.5×10−12 4.8×10−13 1.56×10−11

Cpx-rich
4.3×10−13 3.3×10−14 7.6×10−13 3.6×10−14 1.26×10−12

Opx
6.4×10−15 8.3×10−16 1.9×10−14 3.1×10−15 2.93×10−14

Olivine
2.0×10−16 1.5×10−16 3.4×10−15 8.9×10−16 4.64×10−15

Table 8.3: Overview of the initial heat production in the models with a contrasting
heat production in the compositionally different layers. Two models are used for crust
and ilmenite heating, one model with high heat production in the ilmenite-rich layer,
H1 and one with a higher heat production in the crust, and lower heat prodcution in
the ilmenite-rich layer, H2.

8.3 Results

A total of six models will be discussed here. Three different initial density profiles are used,
where the Mg# of the ilmenite-rich layer is set to either 0, 20 or 40. For each of these
initial profiles, two modeling experiments are done with the two different heat production
distributions, H1 and H2. This way, the influence of the initial density profile and the
influence of different heat production distributions can be studied separately.

The initial density profile from the density configuration described above is shown as the
red line in Figure 8.2 (Mg# 20 for the ilmenite-rich layer). The ilmenite and clinopyroxene-
rich layers are visible as the high density layers just below the low density crust. The
orthopyroxene and olivine layers have a similar density.

Figure 8.3 shows a typical overturn scenario for all compositional end-members, except
the crust, which remains stationary at the top of the model. During the initial stages of man-
tle overturn, dense ilmenite-rich material sinks, dragging along the underlying clinopyroxene-
rich cumulate and disturbing the orthopyroxene layer. At the same time, deep, relatively
light and hot olivine from the core-mantle boundary rises. The disturbance in both the
orthopyroxene and the olivine layers causes an inversion in the density contrast, resulting
in olivine rising towards the crust, overlying the initially less dense orthopyroxene. Once
the ilmenite and clinopyroxene-rich layers arrive at the core-mantle boundary, they form a
mixed layer, where the amount of segregation of the materials is model dependent. The
rising olivine and orthopyroxene material mixes with the rest of the mantle, due to their
relatively small density contrast. In general larger mass fractions of orthopyroxene are over-
lain by areas with larger mass fractions of olivine. The final density profile for this scenario
(after 4.5 Gyr of evolution) is shown in Figure 8.2 (green line).

Figure 8.4 shows horizontally averaged profiles of the mass fractions of the compositional
end-members. The ilmenite- and clinopyroxene-rich cumulates (black and red lines) have
already arrived at the CMB after 0.75 Gyr (solid lines) and over time continue separating
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Figure 8.2: Density profile for the initial compositional configuration and after about
4.5 Gyr, approximating present day. The boundaries of the initial layers are indicated
by the dashed lines. A model with an Mg# of 20 for the ilmenite-rich layer is used for
this figure.

from the overlying olivine and orthopyroxene cumulates as shown by the dashed lines that
indicate the present day composition. Figure 8.3 showed that the olivine and orthopyroxene
layers initially overturn, with olivine rising to shallow depths and orthopyroxene sinking.
Figure 8.4 shows that over time these layers mix. A similar process is visible for the other
models in this study, with different degrees of mixing in the different models.

Figure 8.5 shows the root-mean-square velocity for all models, where the initial spike
corresponds to the sinking of the dense, ilmenite-rich layer within the first 500 Myr of the
model. A higher Mg# (lower density) of this layer results in a lower spike, as expected. The
effect from the different heat production models is mainly evident in higher velocities after the
initial overturn when the KREEP layer is incorporated in the mantle convection (∼0.1 cm/yr
compared to 0.02–0.03 cm/yr), but can also be seen in the maximum velocities in the initial
spike. A higher heat production in the ilmenite-rich layer through incorporation of KREEP
(H1) results in a higher peak velocity and higher velocities during the later evolution. This is
caused by the temperature dependence of the viscosity and the higher temperatures caused
by the high heat production of the ilmenite-rich layer. Apparently the opposing effect of
stronger thermal expansion in the hotter models (H1) is negligible due to the large negative
buoyancy of the ilmenite-rich cumulate.

This effect is illustrated in Figure 8.6, which shows temperature and viscosity profiles
for models in which the ilmenite-rich layer contains no magnesium (Mg# 0 model). These
models were chosen because the effect of the different heat production models is most evident
in these cases, due to the large density contrast between the ilmenite-bearing cumulate layer
and the underlying cumulates. This causes the ilmenite-rich layer to sink and cover the CMB
on a relatively short timescale. In the H1 heating model (solid lines) the ilmenite-rich layer,
including KREEP, heats the deep mantle until at least 3 Gyr after the start of the model.
In the H2 heating model (dashed lines) no excess heating takes place in the deep mantle,
although the ilmenite heat production does keep the deep mantle from cooling as witnessed
by the proximity of the different dashed temperature profiles near the CMB.
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Figure 8.3: Typical overturn behaviour. Grey: ilmenite-bearing, red: clinopyroxene-
bearing, blue: orthopyroxene, green: olivine. Lighter colors indicate lower mass frac-
tions of the material. (Internal heating model H2, with Mg# 20 for the ilmenite-rich
cumulate).

Figure 8.4: Profiles of the horizontally averaged composition at times t=0.75 Gyr
(solid lines) and t=4.5 Gyr (dashed lines) for the model shown in Figure 8.3.
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(a) H1 (b) H2

Figure 8.5: Root-mean-square velocity for all models.

(a) Temperature (b) Viscosity

Figure 8.6: Temperature and viscosity profiles for the Mg# 0 models. Solid lines=H1,
dashed lines=H2.
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(a) Temperature (H1) (b) Temperature (H2)

(c) Core heat flux (H1) (d) Core heat flux (H2)

Figure 8.7: Volume-averaged temperature (a and b) and heat flow out of the core (c
and d) for all models.

Figures 8.7a and b show the volume averaged temperature as a function of time for all
models. This figure shows that the influence of the Mg# of the ilmenite-bearing cumulate
on the core temperature is most prominent for models with internal heating model H1, when
KREEP is entrained by the ilmenite-rich material. In these models, core heating initiates
when the ilmenite-rich material (including KREEP) arrives at the core-mantle boundary.
The timing of the arrival of the ilmenite determines how much the core cools in the initial
stage, whereas the spreading of the heat-producing, ilmenite-rich material over de core-
mantle boundary determines the amount of core heating through ‘thermal blanketing’.

Figures 8.7c and d show the heatflux from the core into the mantle. A short period of
increased heatflux is visible around 0.5 Gyr for both heat production models. This heatflux is
caused by the high convective velocities that originate from the sinking of the dense ilmenite-
rich cumulates and may well be high enough to power a lunar dynamo (Stegman et al., 2003).
Although the timing of the enhanced core heatflux is slightly early compared to predictions
by Shea et al. (2012), our models suggest that lunar mantle overturn can potentially create
a late lunar dynamo.

Figure 8.8 presents a zoom-in of the CMB region, illustrating the ‘thermal blanketing’
effect of the ilmenite-rich layer, covering the core-mantle boundary to different degrees at
snapshot times of 2.2 Gyr after the start of the models and at 4.5 Gyr, approximating
present day. A lower Mg# results in a denser core coverage, due to the higher density of the
ilmenite-rich material. Increased heat production in the ilmenite-rich material causes more
instabilities within the layer, resulting in a decrease in the percentage of core coverage over
time and a smaller ‘thermal blanketing effect’. This is mainly evident in the models with the
higher Mg#, where the density contrasts between the ilmenite-rich layer and the overlying
material is smaller and thermal expansion effects can overcome these density contrasts more
easily.
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(a) t=2.2 Gyr

(b) t=4.5 Gyr

Figure 8.8: Ilmenite coverage of the core-mantle boundary for all six models (a)
2.2 Gyr after model initiation and (b) at the end of the models (present day). The two
rows in both (a) and (b) represent the different heat production models, whereas the
columns refer to the different Mg#’s of the ilmenite-rich cumulate. Darker grey indicates
a larger mass fraction of the ilmenite-rich material. See main text for discussion.
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(a) P-wave velocity (b) S-wave velocity

Figure 8.9: Calculated present-day P- and S-wave seismic velocity profiles for internal
heating model H1 (solid lines) and H2 (dashed lines).

The distribution of seismic velocities derived from the Apollo seismic network data (e.g.
Lognonné et al., 2003; Garcia et al., 2011; Zhao et al., 2008, 2012) provides important
constraints on models of the internal evolution of the Moon. This is particularly the case for
the evolution models presented here that provide predictions of the longitudinal and shear
wave speed that are fully consistent with the underlying mineral physics model (Jacobs and
de Jong, 2007, 2009; Jacobs and van den Berg, 2011).

Figure 8.9 shows present-day, horizontally averaged seismic profiles of P- and S-wave
velocities for both heat production models (H1=solid lines, H2=dashed lines). The Mg# of
the ilmenite-rich cumulate only influences the seismic velocities close to the CMB, as this is
where most of this material is located at present day. The different internal heat production
models have a significant effect on the seismic velocities between approximately 100 and 900
km depth (radius ∼800–1600 km). High heat production in the ilmenite-rich layer (through
the incorporation of KREEP) results in a low velocity zone at this depth, caused by sustained
higher temperatures in this depth range (Figure 8.6a).

Figure 8.10 shows the present-day distribution of lateral anomalies in the seismic veloc-
ities from the Mg# 0 models, relative to their azimuthal average as shown in Figure 8.9.
Models assuming a higher Mg# for the ilmenite-rich layer result in similar snapshots. With
a high heat production in the ilmenite-rich cumulate (H1), large, relatively thin, negative
velocity anomaly plumes are visible in the seismic velocities. Figures 8.10b and c show that
the deep parts of these structures are related to the hot ilmenite-rich material (temperature
and composition dependent), whereas the shallower parts are mainly temperature related,
as the chemical and mineralogical composition in the mantle is more homogeneous due to a
higher degree of mixing in the hot mantle of these models. For heat production model H2,
broader structures are visible. These structures coincide with the compositional structure in
Figure 8.10e, indicating that they are closely correlated to the compositional heterogeneities.
However, the thermal plumes, visible in Figure 8.10f, indicate that there is also a temperature
dependence.

The dimension of the large scale structures visible in Figures 8.10a and d are similar to
seismic heterogeneities in the data from Zhao et al. (2008, 2012).
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(a) Seismic velocities (H1)

(b) Mass fractions of cpx (red) and opx (blue) in model H1 (c) Temperature (H1)

(d) Seismic velocities (H2)

(e) Mass fractions of cpx (red) and opx (blue) in model H2 (f) Temperature (H2)

Figure 8.10: Present-day distribution of calculated P- and S-wave seismic velocity
anomalies, relative to the lateral average (a and d), compared with composition (b and
e) and temperature snapshots (c and f) for two models with different heat producing
elements distributions H1 (a–c) and H2 (d–f).
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8.4 Discussion and conclusions

In this study, compressible convection model calculations of lunar thermo-chemical evolution
were investigated using composition-, pressure- and temperature-dependent thermodynamic
properties. Compositional layering and radioactive element distributions resulting from lunar
magma ocean crystallisation were used as input parameters for the initial state. The effects
of varying the bulk composition (Mg#) of the ilmenite-rich layer and the partitioning of
radioactive elements between the crust and the ilmenite-rich layer (simulating end-member
models for KREEP incorporation in the ilmenite-bearing cumulate) were studied in detail.

Our results show that the influence of the density of the ilmenite-rich layer is significant
mainly when the heat-production in this layer is high (H1 models). In this case, a higher
density (lower Mg#) of the ilmenite-rich layer results in a more stable coverage of the core-
mantle boundary and higher core temperatures due to the ‘thermal blanketing’ effect, with
a difference in core temperature of approximately 200 degrees between the Mg# 0 and the
Mg# 40 model.

In general the H1 models have higher temperatures in the deep mantle. Present-day
deep mantle temperatures of approximately 1950 K are well above experimental solidus
temperatures for ilmenite-clinopyroxene compositions of 1650–1750 K at CMB pressures
(Yao and Liang, 2012, and references therein). The lower temperatures of approximately
1500 K in the H2 models lie well below the solidus. van Kan Parker et al. (2012) have shown
that a (partial melt) layer with a high TiO2 content could be neutrally buoyant at deep
mantle pressures. Furthermore, Weber et al. (2011) have shown that a present-day partial
melt zone at the bottom of the mantle is in agreement with seismic data. This suggests that
at least some KREEP enrichment of the ilmenite-rich cumulate is required to achieve the
necessary temperatures for melting of the ilmenite-bearing material in the deep mantle.

Horizontally averaged seismic velocities derived from our model results, show a 800 km
thick low velocity zone starting at shallow depth below the crust for the H1 models with a
high heat productivity in the ilmenite-rich cumulate. Models with a lower heat productivity
in this layer show a more uniform P-wave velocity of 7.6–8.2 km/s, similar to velocities
determined by e.g. Garcia et al. (2011), Weber et al. (2011), Gagnepain-Beyneix et al.
(2006), Lognonné et al. (2003) and Khan et al. (2007). S-wave velocities vary between
approximately 4.4 km/s and 4.8 km/s, again similar to previous work derived from lunar
seismicity observations. Low velocities near the core mantle boundary are caused by the
relatively low seismic velocity of the ilmenite-rich material, which is generally not taken into
account in seismic models as this layer lies below 900 km depth, the average depth of deep
moonquakes (Lognonné et al., 2003), a region that is not well illuminated by the Apollo
seismic network. These comparisons show that the seismic signature of a mantle with a
KREEP enriched ilmenite-rich layer differs significantly from available data that shows no
large low velocity zone between 100 and 900 km depth, suggesting that most likely only minor
amounts of KREEP-rich material may have been entrained in the ilmenite-rich cumulates.

Snapshots of seismic velocity can be compared to seismic tomography to study seismic
heterogeneities in the lunar mantle. Seismic tomography data from Zhao et al. (2008, 2012)
show mainly large and broad structures (>500 km). Both our heat production models
(H1,H2) show large scale heterogeneities in the lunar mantle, although high heat production
in deep ilmenite-rich material causes narrower plumes and downwellings (mainly related to
temperature) compared to cooler mantle models with the KREEP heat production remaining
in the crust.

The main differences in the seismic velocities are visible near the core-mantle boundary,
where lower heat productivity results in a thicker layer with relatively homogeneous mean
seismic velocities. This layer roughly coincides with the range in which ilmenite-rich material
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is present, mixed with mainly clinopyroxene-rich materials. This range is thicker and more
stable in the H2 models. Unfortunately, no seismic tomography is available for this region
yet, as near-side deep moonquakes occur at shallower depths and far-side deep moonquakes
have not been detected to date.

Compressibility effects at lunar mantle pressures in our models of maximum 4.5 GPa
are limited compared to effects in larger planetary bodies exhibiting much larger pressure
ranges. Compressibility in our models leads to a 2.8% density increase for ilmenite and 3.9%
for olivine over the full pressure range of the models.
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Chapter 9

Summary and outlook

Despite the significant advances made since the Apollo and Luna missions in the 1960’s and
early 1970’s, many fundamental questions related to the origin and evolution of the Moon
remain unanswered. In this thesis, we have investigated lunar evolution scenarios that start
after complete crystallisation of a lunar magma ocean. The main focus was on the influence
of the physical and chemical properties of the ilmenite-rich layer that originally crystallised
at shallow depth below the crust and is generally believed to have caused a mantle overturn
due to its high density. The density of this layer influences the sinking velocity, whereas
the increased concentration of heat producing elements, present in this layer, influences the
thermal evolution. These two properties have been studied in increasingly more realistic
scenarios, where experimental work was performed to determine unconstrained or poorly
constrained model parameters.

In the first results chapter (Chapter 4) a relatively simple compositional model with an
ilmenite-rich layer in a homogeneous mantle was used as a starting point for thermochemical
convection modeling. Both models with and without a pre-formed metallic inner core show
that a stable ilmenite-rich (outer) core can be formed which, due to the increased heat
production in this layer, heats the lunar mantle from the bottom and in the case of models
with a metallic inner core, also insulates this core.

In the next chapter (Chapter 5) the complexity of the compositional setup is expanded to
an initial mantle consisting of 5 different layers, as deduced from magma ocean crystallisation
models. Results show that this density layering does not significantly influence lunar thermo-
chemical evolution. However, taking into account composition-dependent heat production
for each layer, with an enrichment in radioactive elements in the later crystallising layers,
changes this conclusion significantly. The increased heat production in the ilmenite-rich layer
influences the stability of the layer once it arrives at the core-mantle boundary. High heat
production in the ilmenite-rich material causes instabilities in this layer, which diminishes
core insulation and results in quicker core cooling.

In order to further improve the evolution models and to obtain a better link between
the convection models and mineral physics theory constrained by experimental data, two
experimental studies were performed. In the first study in Chapter 6, the partitioning
of radioactive elements between plagioclase and co-existing silicate melt was investigated.
Studies on plagioclase-melt partitioning have been performed before. However, the focus
of these studies was not on the partitioning of the radioactive elements, resulting in a very
scarce dataset for these elements. The partitioning of radioactive elements in plagioclase-melt
systems is an important parameter for calculations on the distribution of heat productivity in
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the Moon, where the radioactive element concentrations that can probably be measured most
accurately are those in crustal plagioclase. Our results provide new estimates for plagioclase
partitioning of U, Th and K. However, using these new estimates in combination with surface
plagioclase compositions leads to an unrealistically high bulk Moon heat production. As
argued in Chapter 6, uncertainties exist in the measured radioactive element concentrations,
measured in lunar surface plagioclase due to contamination with KREEP-rich material,
suggesting that improved measurements of surface plagioclase heat production are required.

The second experimental study (Chapter 7) consists of the determination of the thermal
equation of state of ferrosilite (FeSiO3 orthopyroxene) at lunar temperature and pressure
conditions. This is the first study where the orthoferrosilite equation of state has been de-
termined from volume measurements at simultaneous high pressure and high temperature
conditions. Results of this study have been used in an attempt to better constrain the de-
termination of mineral physics models for pressure and temperature conditions and mineral
compositions relevant for the Moon. Our results disagree with previous work in some re-
spects, and additional spectroscopic data will need to be obtained to discriminate the two
contrasting thermodynamic models that can be derived using all available data.

In view of the unresolved inconsistency in the experimental mineral physics data for
ferrosolite, the more realistic Moon models investigated in Chapter 8 have been based on
previous databases (Jacobs and de Jong, 2007, 2009; Jacobs et al., 2012a). A five-layer initial
mantle model is again used. Density, thermal expansion, specific heat and seismic veloci-
ties are now implemented as pressure, temperature and composition dependent properties
as determined from mineral physics models. More detailed calculations on the composi-
tion dependent heat production have been included in the modelling, using the data from
Chapter 6. Using realistic material properties enables us to make a meaningfull comparison
between our results and velocity models, derived from lunar seismic data. This comparison
shows that a high heat production in the ilmenite-rich cumulate results in a large scale low
velocity zone in the depth range of 100–900 km, that is not present in available seismic and
tomographic models for the Moon. This seems to suggests that a significant part of the
KREEP material was not entrained by the ilmenite-rich cumulates during the early mantle
overturn.

The results from this thesis show the importance of accurate knowledge of the material
properties and radioactive element concentrations of lunar minerals when studying lunar
thermo-chemical evolution. Whereas in general it has been difficult to explain the presence
of a (partially) liquid lunar core or lunar volcanism as recently as 1 Gyr ago, our model
results show that the sinking of a dense ilmenite-rich layer, enriched in radioactive elements
can potentially create the right circumstances for these occurences.

Therefore, more detailed data on the partitioning of radioactive elements between lunar
minerals and co-existing melts under reducing lunar conditions (as opposed to our exper-
iments in air), combined with experimental studies on magma ocean crystallisation until
full crystallisation are required to further constrain the distribution of radioactive elements
throughout the lunar mantle. Three-dimensional numerical studies are needed for an im-
proved representation of the thickness of sinking mineral cumulate layers, which in the case
of the ilmenite-rich layer may significantly influence the resulting core temperature. In new
models, remelting associated with vertical movement and heterogeneous distribution of heat
production in the lunar mantle should explicitly be taken into account, including the influ-
ence of remelting on the distribution of the incompatible radioactive trace elements. This
requires accurate knowledge on the solidus and liquidus temperatures of lunar mantle cumu-
lates and the partitioning behaviour of radioactive trace elements during partial melting.



Bibliography

Aigner-Torres, M., Blundy, J., Ulmer, P., Pettke, T., 2007. Laser Ablation ICPMS study
of trace element partitioning between plagioclase and basaltic melts: an experimental
approach. Contrib. Mineral. Petrol. 153, 647–667.

Anderson, O. L., Isaak, D. G., 2000. Calculated melting curves for phases of iron. Am.
Mineral. 85, 376–385.

Angel, R. J., 2000. Equations of state. In: Hazen, R. M., Downs, R. T. (Eds.), High-
Temperature and High-Pressure Crystal Chemistry. Vol. 41 of Reviews in mineralogy &
geochemistry. Mineralogical society of America and the geochemical society, pp. 35–59.

Angel, R. J., 2004. Equations of state of plagioclase feldspars. Contrib. Mineral. Petrol. 146,
506–512.

Arevalo Jr., R., McDonough, W. F., Luong, M., 2009. The K/U ratio of the silicate Earth:
Insights into mantle composition, structure and thermal evolution. Earth Planet. Sci. Lett.
278, 361–369.

Asimow, P. D., Ghiorso, M. S., 1998. Algorithmic modifications extending MELTS to calcu-
late subsolidus phase relations. Am. Mineral. 83, 1127–1131.

Barkin, Y., Gusev, A., Petrova, N., 2006. The study of the spin-orbit and inner dynamics of
the Moon: lunar mission applications. Adv. Space Res. 37, 72–79.

Bass, J. D., 1995. Elasticity of minerals, glasses, and melts. In: Ahrens, T. J. (Ed.), Minerals
physics and crystallography: A handbook of physical constants. Vol. 2 of AGU reference
shelf series. AGU, Washington D.C., pp. 45–63.

Bass, J. D., Weidner, D. J., 1984. Elasticity of single-crystal orthoferrosilite. J. Geophys.
Res. 89, 4359–4371.

Berry, A. J., O’Neill, H. S., Foran, G. J., 2008. The oxydation state of uranium in mantle
melts. Geochim. Cosmochim. Acta 12, S.1, A79.

Bindeman, I. N., Davis, A. M., 2000. Trace element partitioning between plagioclase and
melt: investigation of dopant influence on partition behavior. Geochim. Cosmochim. Acta
64, 2863–2878.

Bindeman, I. N., Davis, A. M., Drake, M. J., 1998. Ion microbe study of plagioclase-basalt
partition experiments at natural concentration levels of trace elements. Geochim. Cos-
mochim. Acta 62, 1175–1193.

117



118 Bibliography

Blundy, J., Wood, B., 1994. Prediction of crystal-melt partition coefficients from elastic
moduli. Nature 372, 452–454.

Blundy, J., Wood, B., 2003a. Mineral-melt partitioning of uranium, thorium and their daugh-
ters. In: Bourdon, B., Henderson, G. M., Lundstrom, C. C., Turner, S. P. (Eds.), Uranium-
series geochemistry. Vol. 52 of Reviews in mineralogy & geochemistry. Geochemical society
and the mineralogical society of America, pp. 59–123.

Blundy, J., Wood, B., 2003b. Partitioning of trace elements between crystals and melts.
Earth Planet. Sci. Lett. 210, 383–397.

Blundy, J. D., Wood, B. J., 2001. Crystal-chemical controls on the partitioning of Sr and
Ba between plagioclase feldspar, silicate melts, and hydrothermal solutions. Geochim.
Cosmochim. Acta 55, 193–209.

Bowen, N. L., 1913. The melting phenomena of the plagioclase feldspars. Am. J. Sci. s4-35,
577–599.
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Tribaudino, M., Angel, R. J., Cámara, F., Nestola, F., Pasqual, D., Margiolaki, I., 2010.
Thermal expansion of plagioclase feldspars. Contrib. Mineral. Petrol. 160, 899–908.

Tronche, E. J., van Kan Parker, M., de Vries, J., Wang, Y., Sanehira, T., Li, J., Chen,
B., Gao, L., Klemme, S., McCammon, C. A., van Westrenen, W., 2010. The thermal
equation of state of FeTiO3 ilmenite based on in situ X-ray diffraction at high pressures
and temperatures. Am. Mineral. 95, 1708–1716.

Tronche, E. J., van Westrenen, W., 2011. The lunar magma ocean: an experimental solidi-
fication study. Lunar Planet. Sci. Conf. 42 Lunar Planet. Inst., Houston. #1415 (abstr.).

van den Berg, A. P., Rainey, E. S. G., Yuen, D. A., 2005. The combined influences of
variable thermal conductivity, temperature- and pressure-dependent viscosity and core-
mantle coupling on thermal evolution. Phys. Earth Planet. Int. 149, 259–278.

van den Berg, A. P., van Keken, P. E., Yuen, D. A., 1993. The effects of a composite non-
Newtonian and Newtonian rheology on mantle convection. Geophys. J. Int. 115, 62–78.



Bibliography 127

van den Berg, A. P., Yuen, D. A., Beebe, G. L., Christiansen, M. D., 2010. The dynamical
impact of electronic thermal conductivity on deep mantle convection of exosolar planets.
Phys. Earth Planet. Int. 178, 136–154.

van Kan Parker, M., 2011. Physical and chemical properties of lunar magma. Ph.D. thesis,
VU University Amsterdam.

van Kan Parker, M., Mason, P. R. D., van Westrenen, W., 2011. Trace element partitioning
between ilmenite, armalcolite and anhydrous silicate melt: Implications for the formation
of lunar high-Ti mare basalts. Geochim. Cosmochim. Acta 75, 4179–4193.

van Kan Parker, M., Sanloup, C., Sator, N., Guillot, B., Tronche, E. J., Perrillat, J.-P.,
Mezouar, M., Rai, N., van Westrenen, W., 2012. Neutral buoyancy of titanium-rich melts
in the deep lunar interior. Nature Geosci. 5, 186–189.

van Keken, P., 2001. Cylindrical scaling for dynamical cooling models of the Earth. Phys.
Earth Planet. Int. 124, 119–130.

van Sijl, J., 2011. Trace elements in high pressure and temperature fluids in subduction
zones. Ph.D. thesis, VU University Amsterdam.

van Westrenen, W., Blundy, J. D., Wood, B. J., 2001a. High field strength element/rare
earth element fractionation during partial melting in the presence of garnet: Implications
for identification of mantle heterogeneities. Geochem. Geophys. Geosys. 2, 2000GC000133.

van Westrenen, W., Wood, B., Blundy, J., 2001b. A predictive thermodynamic model of
garnet-melt trace element partitioning. Contrib. Mineral. Petrol. 142, 219–234.

Victor, G. Y. V., Ghosh, D., Ghose, S., 2001. Ligand-field splitting of Fe2+ in distorted
octahedral sites of the magnesium-rich orthopyroxenes FexMg1−xSiO3: Correlation of
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Samenvatting
(Summary in Dutch)

In dit proefschrift wordt de thermische en compositionele ontwikkeling van de Maan bestu-
deerd met behulp van numerieke modellen die de stromingen in het binnenste van de Maan
beschrijven. Deze modellen worden gecombineerd met experimenten aan Maan mineralen
onder hoge druk en bij hoge temperatuur, om de condities in het binnenste van de Maan na
te bootsen. De resultaten uit de experimenten worden hierbij gebruikt als input parameters
voor de modellen.

De meest geaccepteerde theorie over het ontstaan van de Maan is de zogenaamde ‘giant
impact’ theorie. Deze gaat er vanuit dat er ongeveer 4,5 miljard jaar geleden een planetöıde
ter grootte van Mars op de vroege aarde geknald is. Deze botsing zorgde ervoor dat er een
grote hoeveelheid materiaal de ruimte ingeslingerd werd. Een deel van dat materiaal is in
een stabiele baan rondom de aarde terecht gekomen en is uiteindelijk samengeklonterd tot
onze vroege Maan.

Een dergelijke ontstaansgeschiedenis moet geleid hebben tot een initieel gedeeltelijk ge-
smolten Maan, door de enorme hoeveelheid warmte die vrij komt bij de botsingen tijdens het
samenklonteren van het afval materiaal van de ‘giant impact’. Als het volledige oppervlak
van een planeet bestaat uit gesmolten gesteenten, wordt dat een magmaoceaan genoemd.
De Maan is hoogstwaarschijnlijk bedekt geweest met een magmaoceaan van zeker enkele
honderden kilometers tot mogelijk meer dan 1000 kilometer diep.

Tijdens het afkoelen van een magmaoceaan kristalliseren eerst de mineralen met het
hoogste smeltpunt. De meeste mineralen zijn zwaarder dan de magma en zinken dus naar de
bodem. Dit zorgt ervoor dat er op de Maan een gelaagde mantel ontstond met de mineralen
met het hoogste smeltpunt onderop. Er is in de Maan één uitzondering in dit proces: het
mineraal plagioklaas is lichter dan de magma en is daardoor bovenop de magmaoceaan gaan
drijven, waar het de delen van de huidige korst gevormd heeft, die met het blote oog als de
lichte delen van de Maan te zien zijn.

De donkere delen van de korst zijn later gevormd. Dit is vulkanisch gesteente, wat een
gedeelte van de meteorietkraters op het maanoppervlak gevuld heeft. Analyses van samples
van dit materiaal, die met NASA’s Apollo missies en de USSR Luna missies in de jaren ’60
en ’70 naar de aarde gebracht zijn, hebben tot vele vragen geleid. Deze zogenaamde basalten
bevatten namelijk ilmeniet, een ijzer- en titaniumrijk mineraal wat relatief zwaar is en wat
men daardoor niet aan het oppervlak van de Maan zou verwachten. Bovendien is gebleken
dat dit materiaal gedeeltelijk pas 1 miljard jaar geleden vast geworden is. Omdat de Maan
klein is (de Maan past ongeveer 40 keer in de aarde), koelt hij relatief snel af door zijn grote
oppervlak ten opzichte van zijn volume. Hierdoor werd er lang vanuit gegaan dat de Maan
al vroeg helemaal vast was en dat het actieve vulkanisme daarmee al vroeg ophield.

Een andere observatie die erop duidt dat de Maan niet zo snel afgekoeld is, is de mogelijke
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aanwezigheid van een vloeibare kern in het binnenste van de Maan. Er wordt meestal vanuit
gegaan dat de Maan, net als de planeten in onze zonnestelsel, een metalen kern heeft. Deze
aanname is lastig te bevestigen bij gebrek aan een goed verspreide seismische dataset voor
de Maan. Wat wel te meten is, is de beweging van de Maan ten opzichte van de aarde
met behulp van laserstralen, die gereflecteerd worden door een soort grote spiegels op het
Maanoppervlak. Hieruit blijkt dat er in de Maan hoogstwaarschijnlijk een overgang van vast
naar vloeibaar materiaal zit, die zou kunnen duiden op een vloeibare buitenkern in de Maan,
zoals de aarde die ook heeft.

Zowel een vloeibare kern vandaag de dag, als het recente vulkanisme zijn dus moeilijk
te verklaren voor de Maan. Er moet een proces geweest zijn dat de Maan en de kern van
de Maan lange tijd warm gehouden heeft. De laatste mineraallaag die uit de magmaoceaan
gekristalliseerd is, heeft hier mogelijk een belangrijke rol in gespeeld. Deze laag bevat het
zware mineraal ilmeniet en is daardoor waarschijnlijk al in het vroege bestaan van de Maan
door de mantel heen naar beneden gezakt. Dit heeft de belangrijkste mantelbeweging in de
geschiedenis van de Maan veroorzaakt en heeft daarmee de volledige evolutie van de Maan
beinvloed.

Dit mineraal is verder belangrijk door het feit dat deze laag een hoge concentratie aan
radioactieve elementen bevat, die warmte produceren door radioactief verval. Deze elemen-
ten, voornamelijk thorium, uranium en kalium passen slecht in het kristalrooster van de
maanmineralen. Dit heeft tot gevolg dat het grootste deel van deze elementen in de magma
achterblijven als er mineralen beginnen te kristalliseren en ze uiteindelijk concentreren in de
laatst kristalliserende lagen. De laatste paar kilometer kristalliserend materiaal is zodanig
aangereikt in dit soort elementen dat het KREEP genoemd wordt, een afkorting van een
aantal van dergelijke elementen: kalium (K), zeldzame aarde elementen (REE) en fosfor (P).

Ditzelfde effect werkt ook op de ijzer, magnesium verdeling in de mineralen. In veel
kristalroosters kunnen ijzer en magnesium elkaar vervangen, waarbij ijzer, het grotere en
zwaardere atoom, net wat minder goed past. Dit betekent dat de diepste mineraallagen
de grootste hoeveelheid magnesium bevatten. De ondiepere (laatst kristalliserende) lagen
bevatten meer ijzer, waardoor ze een wat hogere dichtheid krijgen dan hun magnesium
varianten. Deze twee effecten, verhoogde interne verwarming uit radioactieve elementen in de
ilmenietrijke laag en de verhoogde dichtheid in de ondiepe mineraallagen (inclusief ilmeniet)
door de invloed van ijzer, zijn de basis van het onderzoek beschreven in dit proefschrift.

In het eerst onderzoekshoofdstuk wordt begonnen met relatief eenvoudige computermo-
dellen met een homogene mantelcompositie met de ilmenietrijke laag bovenin, vlak onder de
korst (Hoofdstuk 4). De invloed van de dichtheid van de ilmenietrijke laag en de verdeling
van radioactief materiaal over de korst en het ilmenietrijke materiaal op de mantelstromin-
gen wordt bestudeerd. De verschillende verdelingen van radioactief materiaal beschrijven
het gedrag van de KREEP laag: blijft het onder de korst liggen, of zinkt het met het il-
menietrijke materiaal naar de diepe maan? Verder is er in dit hoofdstuk gekeken naar de
mogelijkheid tot het vormen van een ilmenietrijke kern, in plaats van een metalen kern. Het
belangrijkste resultaat van deze studie is dat de radioactieve elementen in de ilmenietrijke
laag ervoor zorgen dat de maan van binnen uit warm gehouden wordt en dat een eventuele
metalen kern geisoleerd wordt.

In het volgende hoofdstuk is gekeken naar de invloed van de overige gelaagdheid die
onstaan is door de kristallisatie van de magmaoceaan (Hoofdstuk 5). Hieruit blijkt dat
het mineraallaag die voor het ilmeniet kristalliseert (een clinopyroxeenrijke laag) door de
verhoogde ijzerconcentratie ook relatief zwaar is en meehelpt om het ilmeniet naar beneden te
trekken. Ook blijkt dat een hogere concentratie van radioactieve elementen in de ilmenietrijke
laag de stabiliteit van die laag op grotere diepte vermindert en de mogelijkheden van dit
materiaal om weer naar boven te komen vergroot.
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De volgende twee hoofdstukken zijn experimentele hoofdstukken. Hoofdstuk 6 beschrijft
experimenten voor het bepalen van de verdeling van de radioactieve elementen tussen het
mineraal plagioklaas (korstmateriaal van de Maan) en de magma waaruit dit mineraal kristal-
liseert. Deze experimentele data is te gebruiken om een schatting te maken van de verdeling
van radioactieve elementen tijdens de kristallisatie van de magma oceaan. Daarmee kan
bepaald worden hoeveel warmte er geproduceerd wordt in elke mineraallaag afzonderlijk.

In Hoofdstuk 7 wordt beschreven hoe de invloed van druk en temperatuur op de dicht-
heid van een mineraal (in dit geval orthoferrosiliet, een ijzerrijk orthopyroxeen) gemeten
wordt. Algemeen gezegd gaat de dichtheid omlaag bij toenemende temperatuur, doordat
het mineraal uitzet zonder dat de massa veranderd. Bij toenemende druk gaat de dichtheid
juist omhoog doordat het mineraal samen geperst wordt. Deze effecten worden beschreven in
zogenaamde toestandsvergelijkingen en met behulp van deze vergelijkingen kan de dichtheid
van bewegende mineralen in maanmodellen met grotere nauwkeurigheid beschreven worden.

In het laatste onderzoekshoofdstuk, Hoofdstuk 8 wordt de data van de twee experimentele
hoofdstukken gekoppeld aan de gelaagde modellen van Hoofdstuk 5. Elke mineraallaag heeft
in dit hoofdstuk een druk- en temperatuurafhankelijke dichtheid en de warmteproductie
in elke laag is bepaald met behulp van de data uit Hoofdstuk 6. Opnieuw is de invloed
van de hoeveelheid ijzer in de ilmenietrijke laag en de invloed van de verdeling van de
warmteproductie in korst en ilmeniet bestudeerd. Naast realistische dichtheden met behulp
van de toestandsvergelijkingen van de maanmineralen, zijn in deze modellen ook seismische
snelheden van de mineralen geimplementeerd. Hierdoor kunnen de modelresultaten voor
vandaag de dag vergeleken worden met seismische data. Deze vergelijking laat zien dat een
lagere concentratie radioactieve elementen in de ilmenietrijke laag (een kleinere hoeveelheid
zinkend KREEP materiaal), een betere overeenkomst oplevert tussen de modellen en de
beschikbare data.

De resultaten in dit proefschrift laten zien dat het belangrijk is om de materiaaleigen-
schappen van en de concentraties radioactieve elementen in the maanmineralen nauwkeurig
te kennen voor het bestuderen van de thermische en chemische ontwikkeling van de Maan.
Onze resultaten laten zien dat het zinken van de ilmenietrijke laag, die veel radioactief ma-
teriaal bevat, de diepe maan lang genoeg warm kan houden om een vloeibare buitenkern en
relatief recent vulkanisme op de Maan te veroorzaken, iets wat over het algemeen moeilijk
te verklaren was. Ook gedeeltelijk gesmolten gesteente in de diepe mantel van de Maan,
recent gesuggereerd na nieuwe analyse van Apollo seismische data, lijkt met deze modellen
te verklaren te zijn.
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