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CHAPTER III

Modelling the Response of Valley Glaciers to Climatic
Change

J. Oerlemans

Institute for Marine and Atmospheric Research, Utrecht University,
Princetonplein 5, Utrecht, The Netherlands

Abstract. In the context of Global Change research, glaciers are of interest
because they register small but persistent changes in climate, and because
they affect global sea level on the decadal-to-century time scale. In addition,
in some regions glaciers are of great importance for human activities like
construction, irrigation, hydropower and tourism., There is a growing need to
make projections of future glacier behaviour on the decade-to-century time
scale.
A better understanding of glacier response to climate change can be obtained
by numerical modelling, in which the geometry and characteristic climatic
setting of individual glaciers can be taken into account. In this chapter an
introduction to glacier modelling is given, including a treatment of ice flow
and the micro-meteorological processes that determine the relation between
climatic conditions and mass balance.

Contents
1. INTRODUCTION
2. SOME DEFINITIONS AND CONCEPTS
3. HISTORIC GLACIER FLUCTUATIONS
4. THE ALTITUDE-MASS BALANCE FEEDBACK
5. MODELLING GLACIER FLOW

5.1 Plane shear flow and sliding
5.2 Prognostic equation for ice thickness

6. NUMERICS
7. INPUT DATA
8. STEADY STATES
9. RESPONSE TIMES

10. SIMULATION OF HISTORIC VARIATIONS
11. MODELLING GLACIER MASS BALANCE

11.1 The energy balance of the glacier surface

11.2 Application to Nigardsbreen, Norway
11.3 Application to glaciers in different climates
11.4 Global mean sensitivity of glaciers to temperature change

12. THE GLOBAL PERSPECTIVE
13. PREDICTING FUTURE BEHAVIOUR OF GLACIERS
14. EPILOGUE
REFERENCES



92 J. Oerlemans

1. INTRODUCTION

Although valley glaciers contain only a small fraction of all land ice on earth, they
are of great significance to human activities. On a regional scale, glaciers supply
melt water to hydropower reservoirs and to irrigation systems. In the past, sudden
changes like ice avalanches and outbursts of glacier-dammed lakes have caused large
catastrophes. Also more regular fluctuations of glacier extent may threaten roads,
constructions and property. In the modern society even touristic exploitation of
glaciers is an important factor in some local economies.
It is also believed that valley glaciers and small ice caps contribute significantly to
sea-level fluctuations on the century time scale (Meier, 1984; Warrick and
Oerlemans, 1990), in spite of the small volume involved (order -of-magnitude:
0.5 in of sea-level equivalent). The reason is the relatively large mass turnover as
compared to the ice sheets of Greenland and Antarctica. Consequently, response
times are short.
Then valley glaciers register climate fluctuations. Melting is a process that is very
sensitive to air temperature variations. Because the melting point is fixed higher air
temperature immediately leads to a larger downward sensible heat flux and an increase
in the longwave radiation balance. A direct manifestation of this large sensitivity is
the tremendous change that valley glaciers underwent during the last century. So,
from the point of view of the climatologist, historic records of glacier length contain
valuable information on climate change. It is not packed in the most convenient
form however. Glaciers of different geometry and located in different climatic regimes
will react in different ways to a climatic signal (see Kuhn (1985) for an interesting
example). As with many other proxy data, a transfer function is needed to relate
historic glacier fluctuations to climate change.
Altogether, there is sufficient reason to try to model the behaviour of valley glaciers.
Here a survey is provided on the most important ingredients that are needed to
construct a numerical model of glacier flow, suitable for simulation of time-
dependent behaviour on the decade-to-century time scale.

2. SOME DEFINITIONS AND CONCEPTS

When continuing for many years, accumulation of snow and ice will lead to the
formation of a glacier. The specific balance B is defined as the resultant of all
processes in a year that lead to mass gain or loss at the surface on a unit area. The
cumulative balance is the amount of mass gained or lost since the beginning of the
'balance year', normally taken at the end of the melt season. Winter balance and
summer balance are other concepts used in glaciology. They are associated with the
practice of measuring the cumulative balance twice a year: at the end of the winter
and at the end of the summer. Various units are used for specific balance: in of water
equivalent and kg.m-2 are most common now.
In all glaciers and ice sheets the movement is from higher to lower parts. Ice flows
from the accumulation region, where the annual mass balance at the surface is
positive, to the ablation region, where the balance is negative. Those regions are
separated by the equilibrium line (see Fig. 1). The equilibrium-line altitude hE is
often used as a first basic parameter to describe the climatic conditions.
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Figure 1. Typical geometry of a mountain glacier. A typical balance profile is shown at
the left.

Various processes contributing to accumulation can be identified. Snowfall is most
common, and a pack of snow gradually densifies to form firn (old snow that
survived a summer) and, after several years, glacier ice. In the accumulation region
melting may occur in summer, of course. However, in most cases the melt water
does not run-off, but penetrates into the snow. Refreezing then warms the snow/firn
layer through release of latent heat. Sometimes superimposed ice is formed. This
occurs at places with a large seasonal cycle (i.e. at higher latitudes). Melt water may
refreeze on the ice surface, and the vertical structure of the ice layers may become
very complex (and useless for some purposes like obtaining specific records from an
ice core). By contrast, in the very cold climate of central Antarctica accumulation is
mainly by the steady accumulation of tiny ice crystals, and there is never any
melting.
In the ablation zone a glacier looses mass. It is general practice to compare the
contributions from radiation and from the turbulent energy flux in the melting
process. On most glaciers radiation is dominating, but the turbulent heat flux may
play an important role in more maritime climates, in particular at the end of the
summer, when solar radiation is less intense and warm air masses are advected from
the sea. For a glacier to be in equilibrium, conservation of mass requires that the
following condition is met:

Bda+C=0 (1)

Here a is area, AT the total area of the glacier, and C denotes the ice calving rate
(<_ 0) in the case that calving in a lake or sea occurs. Since the rate of ablation can
be much faster than the rate of accumulation, it follows from Eq. (1) that the
accumulation zone is generally much larger than the ablation zone. Glaciers for
which calving is very significant (not considering Antarctica and Greenland) are
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mainly found in Alaska, in Patagonia, and on the islands in the high Arctic
(Svalbard, Novaya Zemlya).
On mountain glaciers, the specific balance depends first of all on elevation. This
makes the concept of the balance profile useful. The balance profile B(h) is defined
as the specific balance in dependence of elevation h, where the value of B for a
particular elevation is understood to be averaged over all points on a glacier having
that elevation. This means that the mass balance is averaged along isohypses on the
glacier, running more or less perpendicular to the general direction of ice flow.
In all practical applications elevation intervals are used. The condition of
equilibrium can then be written as:

1 1 B(hi) A(hi) + C = 0
AT i

(2)

The index i refers to the elevation interval centered around hi. In most mass balance
studies the elevation interval is taken as. 50 or 100 in. Mass balance profiles for 12
glaciers for which good measurements exist are shown in Fig. 2. Glaciers in the
drier polar and subpolar regions, like Devon ice cap and White glacier in the
Canadian arctic, have small balance gradients. Engabreen and Nigardsbreen, situated
in Norway, have a tremendous mass turnover and large balance gradients. This also
applies to the Rhonegletscher in the Swiss Alps.
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Figure 2. Measured balance profiles for glaciers in different climates. Note the large
differences in balance gradients and maximum accumulation. From Oerlemans .and Fortuin
(1992). Based on Kasser (1967, 1973), Miiller (1977), Haeberli (1985) and Haeberli and
Miller (1988), with some additions.
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The mass turnover of Hintereisferner (Austrian Alps) is somewhat less.
Hellstugubreen is located in the drier part of southern Norway and Peyto glacier in
the central Rocky Mountains in Canada. Abramov glacier and Tuyuksu glacier are
in central Asia and have high equilibrium-line altitudes.
Ice flows from the accumulation zone to the ablation zone. The body force making
the ice move is proportional to the surface slope s and the ice thickness H. As
accelerations are negligibly small, this force must balance internal friction and the
drag at the glacier bed (and to some extent at the sides). A typical velocity profile is
shown in Fig. 3. It has two components: slip and deformational velocity. A the bed
the ice velocity is the sliding velocity Us. The deformational component ud(z),
where z is height above the bed, increases from zero to a maximum value at the
glacier surface.
The deformation of (fictive) parallel ice layers induces shear stresses at the interface
of the layers. This shear stress must increase with depth, as it has to hold more and
more ice in balance (the whole column of ice on which the body force is working).
In a material like ice, a larger shear stress implies a larger velocity gradient, so
Idud/dzl increases with depth too. A derivation of the velocity profile under certain
simplifying assumptions will be given in later.
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Figure 3. Example of a theoretical velocity profile for simple glacier flow. Solid line:
deformation only. Dashed line: including a sliding velocity of 50 m/a.

The response of the position of a glacier front to climate change is the outcome of a
process that has several steps. Modelling this response requires an approach in
which the two main modules are compatible. A general scheme is shown in Fig. 4.
The mass,-balance model should translate changes in meteorological conditions into
changes in specific balance. This serves as forcing for the ice flow model, which
delivers changes in glacier geometry in the course of time. Ice flow and mass
balance models will be discussed in some detail later. First a brief overview is given
on glacier fluctuations in historic times.
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Figure 4. The simulation of changes in glacier length L requires coupling of a mass
balance model to a dynamic ice flow model.

3. HISTORIC GLACIER FLUCTUATIONS

A few well-known records extending over more than 200 years are shown in Fig. 5.
In all cases the curves give glacier length, in the case of Vatnajokull the mean of 5
outlet glaciers from the ice cap.
The upper panel shows records from the Alps; that of the Untere Grindelwald-
gletscher is the longest. Nigardsbreen is located in southern Norway, Storglaciaren
in northern Sweden, Vatnajokull in Iceland. Athabasca, Tsoloss and Griffin glacier
in the Canadian Rockies; Geblera in central Asia (Altai), Lewis Glacier in Kenya,
Franz-Josef glacier in New Zealand.
The records are mainly based on:

- sketches, drawings and paintings
- descriptions in historical documents
- dating of end moraines
- (old) photographs
- measurements of distance of glacier front to benchmarkes (in more recent time)

Details in earlier parts of the records are subject to uncertainty, but the long-term
variations can be considered reliable. In general, before A.D. 1850 the maximum
stands are known with higher accuracy than the minum stands.
The records shown in Fig. 5 have in common that they show significant rates of
retreat during the last 100 years. This retreat is of a world-wide character, as
discussed in more detail later.

4. THE ALTITUDE - MASS BALANCE FEEDBACK

The most powerful feedback mechanism associated with the growth and decay of ice
sheets and glaciers is the feedback of increasing surface elevation on the specific
balance. As clearly illustrated by Fig. 2, higher elevation generally implies larger
balance. In fact, the glacial cycles of the Pleistocene would not have been possible,
without the elevation - mass balance feedback (e.g. Weertman, 1961; Oerlemans,
1980; Hyde and Peltier, 1986). The strength of the feedback depends on the rate at
which glacier thickness increases with glacier size. This rate is larger when the bed
slope is smaller, so glaciers on a slightly inclined bed should be more sensitive to
climate change than glaciers on a steep bed.

b
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This issue can be investigated with a very simple model.

k h=b+H'

b= bo- sx

EQUILIBRIUM LINE

L

Figure 6. A glacier on a bed of constant slope s. Elevation of bed is b, of the ice

surface h. L is the length of the glacier.

Consider a valley glacier on a bed with constant slope, see Fig. 6. It is assumed that
the specific balance is a linear function of height relative to the equilibrium-line
altitude hE, i.e. B = a (h-hE ). So a is the balance gradient. According to Eq. (1), in
the absence of calving the glacier is in equilibrium when

1.
Bdx =a (H+bo-sx-hE)dx =0

L

This equation is easily integrated and solved for L:

L =2(H.+bo-hE)
s

(3)

(4)

Here H 1 is the mean ice thickness. It is noteworthy that the solution does not
depend on the balance gradient.
Next the assumption is used that mean ice thickness times mean surface slope is
constant (this is exactly true if ice would deform as a perfectly plastic material). So:

ZY

P9
(5)

Here p is ice density, g acceleration of gravity and Zy the yield stress. A typical
value for the yield stress is 1 to 2x 105 Pa (1 to 2 bar). As a characteristic value for
the right hand side 15 in can be used. Combining Eqs. (4) and (5) yields:

L=2- Zy +bo-hES pgs (6)

Several conclusion can be drawn. First of all, for given bo and hE, a glacier will be
longer when the slope of the bed is small. Secondly, the ice thickness - mass
balance feedback, reflected by the first term in the brackets, is more significant when
the bed slope is smaller. The climate sensitivity for this glacier model is:

dL=_2
dhE S

(7)

x

I

a
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Figure 7. Dependence of glacier length on mean bed slope (left). Curve labelled 'full
solution' takes into account elevation - mass balance feedback. Picture at right shows
sensitivity of glacier length to a change in equilibrium-line altitude. In both cases bo-hE
= 500 m.

The results of this analysis are illustrated in Fig. 7. In the range of mean bed slopes
where large mountain glaciers are normally found (0.1 to 0.2) the difference between
L [variable thickness] and L [ice thickness neglected] is significant: for a 0.1 bed
slope glacier length would be reduced by 20% if glacier thickness would not affect
the specific balance. The other graph in Fig. 7 shows the climate sensitivity -2/s. A
characteristic value for large mountain glaciers is -15, implying that a 100 m drop
in equilibrium-line altitude would make a glacier 1.5 km longer. This is typically
the order-of-magnitude of the glacier fluctuations seen in Fig. 5.
How mean bed slopes actually vary is shown for the Alps in Fig. 8. This picture is
based on World Glacier Inventory data for the Alps (Haeberli et al., 1989).
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Figure 8. Mean bed slope in dependence of length for glaciers in the Alps. Based on
data for 298 glaciers.
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The elevation - mass balance feedback leads to more complicated behaviour if the
bed topography is irregular. In particular, as has been shown by numerical
modelling, an overdeepened bed (bed slopes upward for some distance when going
downglacier) creates bifurcation of the equilibrium states (Oerlemans, 1989). Also,
varying glacier width, leading to thickening/thinning because of mass convergence/
divergence, plays an important role.

5. MODELLING GLACIER FLOW

In this chapter a model is developed that can be used to calculate the time evolution
of a glacier with a simplified geometry. Two types of motion need be taken into
account: deformation and sliding (Fig. 9). The prognostic equation is a continuity
equation describing conservation of ice volume.

5.1 Plane shear flow and sliding

Simple shearing flow is discussed, implying that longitudinal stress gradients have
little effect on the ice motion. For glaciers this is a reasonable assumption as long
as length scales of several times the ice thickness are considered (e.g. Budd and
Jenssen, 1975). In this case, the motion is entirely determined by one component of
the stress tensor namely rX7. Here z is the vertical coordinate, x is the 'horizontal'
coordinate in the direction of the flow. The shear stress is given by

Txz = pg (H-z) s (8)

Here p is ice density, g acceleration of gravity, s (=Idh/dxl, where h is surface
elevation) surface slope and H ice thickness. For a Glen-type flow law, with
exponent 3, the following expression for the velocity gradient then holds:

L( = 2A Tzz= 2A (pg (H-z) s'3
dz

(9)

Ice viscosity is denoted by A. It generally depends on cristal size and fabric,
concentration and type of impurities, and ice temperature. Here A is assumed to be
constant, however. Eq. (9) can then easily be integrated from the bed upwards to
give:

u(z) = Us +

2

(pgs)3 (H4 - (H-z)4' (10)

Us is the sliding velocity. One more integration yields the vertical mean velocity:

U=Us+A HTb
10

=Us+Ud (11)

So the mean velocity due to deformation is directly related to the base stress Tb (=
pgsH, also termed 'driving stress' in this context). Eq. (11) shows that the
deformational ice velocity increases very strongly with driving stress. This reflects

-

A



Response of valley glaciers to climatic change 101

the nonlinear character of ice deformation: little deformation when forces are small,
very large deformation when forces are large. As a result, ice flows in such a way
that a tendency towards constant base stress exists, i.e.sH = constant (this
assumption was used in deriving Eq. (6)).

ACCELERATION OF ORAVITY

Figure 9. Both sliding and deformation contribute to the mass flux. The driving stress
T increases linearly with surface slope s and ice thickness H.

Several attempts have been made to obtain a theoretical expressions for the sliding
velocity (e.g. Lliboutry, 1979), but even today a consensus has not been reached. A
frequenly used expression for glacier flow, based on eq. (12) and extended to include
a parameterization of sliding, reads:

U = Ud + Us =fd H T3 + C, T3

Pw
(12)

The subscripts d and s refer to deformation and sliding, respectively. The parameter
Ad now is a generalized viscosity. The sliding is supposed to be proportional to the
third power of the base stress as well, but divided by the water pressure at the bed
(Pw). At the present state of the art, both fd and cs should be considered as semi-
empirical parameters, varying from glacier to glacier. In modelling the global
behaviour of valley glaciers, a separate model for the calculation of basal water
pressure is normally not included (first of all because required input paramaters are
not available). Assuming that Px, is a fraction of the overburden ice pressure pgH,
Eq. (12) can be rewritten as

U = Ud + Us = fd H T3 + A 3

(13)
H

This equation was already proposed by Budd et al. (1975). The values suggested by
Budd et al. (fd = 1.9x10-24 Pa-3 s -l and fs = 5.7x10-20 Pa-3 m2 s-1) generally give
good results, although some adjustments may be useful (e.g. Greuell, 1989). Note
that Eq. (13) implies a relatively larger contribution from sliding when the glacier is
thinner. For the given parameter values, sliding and deformation make equal
contributions for an ice thickness of about 173 m.

+

61
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5.2 Prognostic equation for ice thickness

If the vertical mean velocity vector is denoted by U, the volume flux of ice is given
by H U. Ignoring differences in ice density, the local rate of change of ice thickness
can be obtained by vertically integrating the continuity equation for an
incompressible fluid. This yields (e.g. Oerlemans and Van der Veen, 1984):

aH=-O.(UH)+B
at

(14)

This equation forms the basis for many numerical studies of the the dynamics of
glaciers and ice sheets. For valley glaciers it is frequently used in a one-dimensional
form, where the dynamics of a glacier are calculated along a central line down the
surface slope (but still taking into account varying lateral geometry). This is
illustrated in Fig. 10.

Figure 10. Constructing a numerical flow model for a mountain glacier. Grid points are
equidistant along the horizontal coordinate x. The x-axis follows the course of the
valley.

If S is the area of the cross section of a glacier perpendicular to the flow line, mass
conservation can be expressed as

aS aUUS)+BWS (15)
at ax

=

=
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Here Ws is the glacier width at the surface. To relate S to ice thickness, a shape for
the cross section has to be assumed. With a trapezoidal shape it follows that:

S=H(W+2 H) (16)
2

It is easily verified that the rate equation for H becomes

DH - H)UH]+B[(W +
1at W + AH ax 2

( )

Ice velocity U can be eliminated by using Eq. (13) and the expression for the driving
stress, yielding

U = fd y H4 (
2

dx) + fs y H2
(dx)2

j ax
where y= (pg)3 (18)

Combing Eqs. (17) and (18) now shows that the change of ice thickness is governed
by a nonlinear diffusion equation:

DH = -1 d D a(b+H) + B
at W + W ax ax

where the diffusivity is

D = (W + 2H) .fd y H5
(Dh 2

al +.fs y H3
2

(dxl 1

(19)

(20)

In the description given above shape factors (e.g. Paterson, 1994) have not been
introduced. Shape factors may be used to include the effect of varying side drag
(friction at the valley walls). However, in most cases no suffcient information is
available to include such factors in a meanigful way.
It should also be noted that some authors have used U-shape cross profiles of the
type yn, where y is the distance from the center line and n an exponent depending on
x. For deeply eroded valleys this works well, but for ice bodies on a wider flat bed
this representation is less satisfactory (note that the trapezoidal cross section has
two degrees of freedom, the U-shape only one).

6. NUMERICS

On a given domain, Eq. (19) can be solved with standard numerical methods for
parabolic equations. Parameterizing the 3-d geometry and defining the domain
requires some care, however. First of all, Eqs. (19) and (20) are not valid at the
snout, because D=0 when ice thickness vanishes. This would imply that the snout
cannot move, which is clearly unrealistic. One way to solve this is to use a
prescribed snout profile, based on some theory (e.g. Nye; 1967), match this with
the numerically computed ice thickness sufficiently far away from the glacier front,

=
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and determine the actual position of the front from the overall mass budget. The
author has made several attempts in this direction, but this has not yielded a fully
satisfactory method. Instead, a simpler procedure described below is advised.

frontglac

I

Hi-1 Hi Hi+1=0

X X X X

Di-1 Di Di+1 Di+2

Fi-q Fi'- Fi+I Fi+t!
2 2 2 2

Figure 11. Staggered grid used to solve Eq. (19) numerically.

When the equations are put into incremental form, for instance by straightforward
central differencing, the inherent truncation error causes D to have a positive value
at the grid point in front of the glacier snout. As illustrated in Fig. 11, a staggered
grid can be used. D is first evaluated on the regular points, and then the term

F=D a(b+H)
ax

is evaluated at the staggered points. In this procedure adjacent values of D are
averaged (implying smoothing but providing numerical stability without additional
filtering).
It is obvious that, when the last grid point covered by ice is at i (discrete space
variable), the mass flux into grid point i+l is always nonzero. If this flux exceeds
the negative mass balance at i+l, ice will built up and the glacier front will
advance. So the discrete form of Eq. (19) does allow movement of the snout. The
robustness of this scheme can be tested by imposing different boundary conditions.
For instance, one could prescribe

Diedge +1 = Diedge (21)

i.e., the gradient in the diffusivity vanishes at the snout. This does not yield
significantly different results, because the balance gradient determines to a large
extent the position of the snout. In fact, here simple methods work because the
response of the glacier front on a decadal to century time scale is determined by the
overall mass budget, not by the detailed dynamics of the snout (see also J6hanneson
et al., 1989). Definitely, for calving glaciers such a statement cannot be made.
Boundary conditions at the head of the glacier are best taken as

_____________________
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= 0
ax1 x_O

[i.e. h1 = h2 on the grid] (22)

implying that the influx of ice is zero. This represents either an ice divide or a wall
at which the glacier starts to flow.
When using the scheme outlined above with forward time differencing, the CFL-
condition should of course be met (e.g. Smith, 1978). As the diffusivity is not
constant, the critical time step will vary. With a grid-point distance of Ax=100 m,
which is a suitable value for many valley glaciers, a time step of At=0.01 to 0.05 a
generally assures stability.
Another popular and more elegant method to integrate parabolic equations of the
type considered here is the implicit method, in which the difference equations for the
grid points are simultaneously solved. Such a method allows a larger time step, but
the gain in computational speed is partly offset by the need to invert large matrices.
Nevertheless, for those wishing to have the most efficient scheme the implicit
method is advised. Explicit time differencing is easier in coding and more flexible
when playing around with different formulations of boundary conditions. In any
case, modern PC's are so fast that any method is good enough to make a simulation
for say 500 years within a few minutes.
Any scheme should be checked for mass conservation. Especially when gradients in
ice thickness are large (normally close to the glacier front) truncation errors can be
significant. Mass conservation requires that

p(Si(t+dt) - Si(t)} Ax= WS i(t) Bi(t) (23)
i=1,..,iedge i=1,..,iedge

Here p is a constant ice density. An acceptable scheme should not have an
imbalance larger than a few per mille. However, even if the imbalance is of the
order of 1%, there is no notable effect on simulated front positions. This is because
the glacier model described here, with an external forcing through a time-dependent
mass balance B(x,t), represents a highly damped system.
Truncation errors can be reduced by decreasing the grid-point distance or smoothing
the bed profile. The latter is advisable anyway, as the theory on which the current
glacier model is built ignores normal stress gradients. Such gradients are set up in
places where bed topopgraphy is irregular but hardly affect the global dynamics of
large valley glaciers.

7. INPUT DATA

For only a very few glaciers detailed data on bed geometry exist. For most glaciers,
certainly those having long (>100 a) records of front variations, information is
limited. A modern topographic map, sometimes on a 1: 10000 scale or even better,
may be available. It serves as the basis to fit a particular glacier into a computer
model as described here. First of all, a flow line should be identified. For the lower
part of a glacier, this is normally not very difficult. However, higher up tributary
glaciers may exist and additional flow lines may be needed that join downstream. If
the interest is in front variations, the most important aspect is to make sure that the
hypsometry is maintained. This implies that the glacier width at a particular grid

I E
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point should preferably be determined by following the isohyps going through the
grid point.
When bed elevation along the flow line is not known, an estimate can be obtained
by assuming that surface slope time ice thickness is constant (again, this assumes
perfectly plastic behaviour). So, according to Eq. (5), the bed elevation at grid point
i is obtained from:

iyb;=h;- pgsi (24)

where si is the surface slope estimated from the map and ry a constant yield stress.
Practice has shown than for continental glaciers with moderate mass turnover a
value of 1 bar for Ty is a good choice. For maritime glaciers with large mass flow
a value of 1.5 or even 2 bar is preferable. Once an initial bed profile b(x) has been
obtained smoothing in space should be applied, din particular since estimated slopes
may have large errors. If desired a dynamic calibration procedure can be applied, in
which the geometry is further adjusted to make time-dependent model output in
better agreement with observations. This is particularly useful when a historic
record of glacier length exists that exceeds the characteristic response time of the
glacier.
The driving force is the mass balance B(x,t). Whether measured or calculated, in
numerical modelling studies of valley glaciers the specific balance is prescribed in
dependence of altitude rather than space [i.e. B(h,t)]. This is practical because it
assures that the altitude - mass balance feedback is taken into account.
There are several ways to drive an ice flow model in climate change experiments.
The simplest is the so-called linear Lliboutry model, assuming that annual mass
balance perturbations are independent of elevation (Lliboutry, 1974). The change in
balance, SB say, is then related to one or more meteorological quantities through
regression analysis (assuming that data sets are available). This method has been
used by Greuell (1992) and Huybrechts et al. (1989) in studies of the Hintereisferner
(Austria) and Glacier d'Argentiere (France), respectively. Formally, for modelling
purposes the balance profile B(h,t) is thus split in a reference profile on which a
time-dependent perturbation is imposed:

B(h,t) = Bo(h) + 8B(t) (25)

In another approach, climatic change is represented as a shift of the mass balance
profile (so also the equilibrium line) up or down the elevation axis. For a linear
balance profile, this would have the same effect as the linear model. For a profile in
which the balance gradient is not constant, SB becomes a function of elevation.
Shifting the mass balance profile with the equilibrium-line has been done by a
number of workers: Oerlemans (1986) in a study of Nigardsbreen, Stroeven et al.
(1989) in simulating the historic front variations of the Rhonegletscher
(Switzerland). In these studies the basic assumption was that the effect of climatic
change on the glacier can be described by SE = cl + c2 G(t), where SE is the shift in
the equilibrium-line altitude, G a climatic series (e.g. summer temperature, tree-ring
width, etc.), and cI and c2 constants that can be used to optimize the model results.
It is tempting to use observations on interannual variation of mass balance profiles
to verify the assumptions discussed above.
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Figure 12. Interannual variation in observed mass balance profiles for a subpolar
glacier (White Glacier, Canadian Arctic) and a midlatitude glacier (Hintereisferner,
Austria). Data from Kasser (1967, 1973), Miiller (1977), Haeberli (1985), Kuhn
(personal communication).

Existing data suggest that Eq. (25) provides a meaningful approach for many
midlatitude valley glaciers in a wet or a moderately wet climate. However, for
glaciers in the continental interiors or in subpolar regions, this does not hold (Fig.
12). It is questionable anyway whether balance profiles from different years can be
used to represent different climatic states.
Meteorological models generating mass balance profiles (discussed later) suggest
steeper balance gradient when climate warms, at least when a warming would be
uniform over the glacier [this is a doubtful assumption, however, as the increase in
air temperature over a glacier would be smallest in the lower melt zone; Greuell,
personal communication].

8. STEADY, STATES

A basic property of a valley glacier is the equilibrium glacier length L and volume
V in dependence of B. For climate change research the real interest is in dL/dB and
dV/dB. Such quantities may vary significantly from glacier to glacier, as illustrated
by Fig. 13. Here results are summarized from a number of studies in which the
response of a particular glacier to climate change was studied. It should be noted that
the case 8B=0 for the glaciers shown does not refer to a particular climatic epoch but
was chosen independently by the various authors as listed in the figure caption.
Especially Hintereisferner and Nigardsbreen show large values of dL/dB. Also, for a
particular glacier the sensitivity depends on the state of a glacier. All differences
shown in Fig. 13 are related to geometry. It is thus immediately clear that relating
historic glacier fluctuations to climate change has to be done with great care:
preferably geometric effects should be eliminated by means of a glacier model.
Unfortunately, the necessary input data is hard to get in many cases.
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Figure 13. Equilibrium glacier length as calculated with numerical glacier models.
Inferred from: Glacier d' Argenti8re: Huybrechts et al. (1989); Rhonegletscher: Stroeven
et al. (1989); Hintereisferner: Greuell (1992); Nigardsbreen:.Oerlemans (1997); Untere
Grindelwaldgletscher: Schmeits and Oerlemans (1997).

A further analysis of results of numerical models, not further discussed here, allows
to draw two general conclusions, namely (i) glaciers with a smaller surface slope are
more sensitive in terms of dLIdB ; and (ii) reversed bed slopes may create bifurcation
of the equilibrium states. The first conclusion is in line with the findings of the
very simple geometric model discussed in section 4. The second one implies that
some glaciers may exhibit hysteresis in their respons to varying climatic
conditions.

9. RESPONSE TIMES

Let Vi be the equilibrium volume of a glacier, with equilibrium length Li, that is
in perfect balance with the prevailing (constant) climatic state Ci. Characteristic
time scales can be defined as follows:
Growth time tg The growth time is the time a glacier in a constant

climatic state Ci needs to attain a volume of (1-1/e)Vi,
starting from zero ice volume.

Relaxation time trel Consider a glacier in a constant climatic state where a
small part of the mass SV is removed. The relaxation
time is the time needed to return to equilibrium. i.e. to
attain a volume Vi - (1-1/e)SV.

Response time trV The climatic state is changed stepwise from Cl to C2.
The corresponding equilibrium glacier volumes are VI
and V2. The response time now is the time a glacier
needs to attain a volume V2- (V2-Vl )/e.

Length response time trL As above for glacier length Li.
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The various time scales may differ significantly. The growth time is, particularly
large when bed slopes are very small, because of the height - mass balance feedback.
At the same time, the relaxation time can be small. For most glaciers relaxation and
response times have the same order-of-magnitude. Glacier length and volume can
have different response times, see Fig. 14 for an example.
Can trV and trL be estimated for a particular glacier without detailed numerical
modelling ? Early attempts to infer values of trV from theoretical considerations
were based on linear kinematic wave theory (Nye, 1960, 1965; Hutter, 1983).
Without treating here the details of the theory, the most important result was that
trVis of the order of UU,sn , where L is glacier length and Usn ice velocity at the
snout. This yields characteristic response times of 100 to 1000 a for valley glaciers.
Apart from the problem that Usn is poorly defined, many workers have questioned
the validity of this approach, because there is substantial field evidence pointing to
values of response time between 10 and 50 a (e.g. Van de Wal and Oerlemans,
1995). Numerical models, based on the continuity equation, but with lack of a
sophisticated treatment of the glacier snout, yielded values of trV or trL more in line
with observations (e.g. Budd and Jenssen, 1975; Kruss, 1983; Oerlemans, 1986).
Jbhannesson et al (1989) have provided an elegant analysis of the problem. They
make plausible that a good estimate of the response time (termed volume time
scale by them) is obtained from trV = H/-Bterm Here H is a characteristic ice
thickness and Bterm the specific balance on the terminus. They also show that, for
regular valley glaciers, the details of the snout dynamics are not important for the
global behaviour of the glacier and provide theoretical support for what many
glaciologists have assumed intuitively.
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10. SIMULATION OF HISTORIC VARIATIONS

In numerous books and papers discussing climatic change over the last centuries it has
been stated, at least in a qualitative sense, that there is good agreement between proxy
climate indicators, instrumental weather records and glacier fluctuations [for general
discussion and further references see the books by Lamb (1977), Grove (1988), Bradley
and Jones (1994)]
However, when it comes to attempts to simulate historic glacier variations with
numerical models, things appear more complicated (simulations have been carried out
for: Vernagtferner: Kruss and Smith, 1982; Lewis Glacier: Kruss, 1983; Nigardsbreen:
Oerlemans, 1986; Rhonegletscher: Stroeven et al., 1989; Glacier d'Argentiere:
Huybrechts et al., 1989; Hintereisferner: Greuell, 1992). In spite of the use of many
forcing functions, based on long (proxy) temperature and precipitations records, or
derived directly from tree-ring data, these simulations have not been very succesful.
Although in some cases models can be tuned to produce more or less the correct speed
of retreat since the middle of the 19th century (see Fig. 5), they are unable to properly
simulate the built-up of the maximum stand around A.D. 1850 and the subsquent
retreat. Fig. 15 illustrates the point. Simulations of glacier length for Nigardsbreen and
Rhonegletscher are compared with observations, and it is obvious that there is no
agreement.
The difficulty in simulating the historic glacier records been attributed to the poor
quality of long climatic series and to insufficient understanding of the relation between
glacier mass balance and meteorological quantities. Probably, shortcomings in the
model description of ice flow play a less significant role here.
It is noteworthy that glacier behaviour in more recent decades can in almost all cases be
related well to changes in meteorological parameters. Therefore, there should be little
doubt that glaciers do reflect changes in climate in a straightforward way.
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Figure 15. Numerical simulation of the historic fluctuations of Nigardsbreen (forced with a
tree-ring series from northern Scandinavia; Oerlemans, 1986) and the Rhonegletscher (forced
with precipitation and temperature records for Switzerland as reconstructed by Pfister;
Stroeven et al., 1987). Obervations are labelled with squares, the stepwise curves are the
model simulations.
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11. MODELLING GLACIER MASS BALANCE

Although statistical relations between specific balance and meteorological data have
been used with some succes to explain interannual variations, in climate change
experiments preference should be given to methods that are process-oriented.

11.1 The energy balance of the glacier surface

A relatively simple approach then is the degree-day method, introduced in glaciology by
Finsterwalder and Schunk in 1887 (cited from Braithwaite, 1984). It is based on the
assumption that the surface energy budget is mainly determined by air temperature. The
melt energy available during some period of time is set to the integral over max[0,7],
where T is air temperature. The constant of proportionality, the degree-day factor, varies
widely from glacier to glacier, because it has to account for all factors that cause
variations in the radiation balance (notably albedo and cloudiness). It is now common
practice to use different degree-day factors for snow and ice, which should account for the
difference in surface albedo.
From a process-oriented point of view, a consideration of all the components of the
energy budget of the ice/snow surface in space and time is more satisfactory. Some
workers have studied shifts in the equilibrium-line altitude on the basis of changes in
the energy balance at the equilibrium line (Kuhn, 1980; Ambach and Kuhn, 1985). This
has provided good insight in how the individual energy balance components affect the
mass balance. A natural extension of this work has been the development of numerical
models that calculate the energy balance on a grid covering the entire elevation range of
a particular glacier (Greuell and Oerlemans, 1986; Oerlemans, 1991, 1992; Oerlemans
and Fortuin, 1992).
In its most complete form, the energy balance model calculates temperature and density
profiles in the upper layer of the glacier. Here we briefly discuss a simpler model,
adequate for most valley glaciers. The starting point is that melting occurs as soon as
the energy flux towards the surface is positive. The basic equation reads:

B = !(1
gear t Lm

(26)

In eq. (26), Lm denotes the latent heat of melt, Fj the energy flux at the surface, and f
the fraction of melt water that does not run off but refreezes in the underlying snow pack
when it is sufficiently cold. P* is the rate at which solid precipitation is added to the
surface. The energy flux at the surface can be written as (the subsurface heat flux is
neglected):

F,i,=(1-a)G+LT +L,t+Hse+Hia (27)

Here a is surface albedo, G global radiation, LT and Lj upwelling and downwelling
longwave radiation, HSe and Hla turbulent fluxes of sensible and latent heat. All
components can be calculated from standard meteorological data with simple or more
complex schemes developed in boundary-layer meteorology.
Performance of an energy balance model in simulating glacier mass balance depends to a
large extent on the way albedo is treated. Albedo varies strongly in space and time,
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depending on the melt and accumulation history itself. There are significant feedbacks
involved, implying that a mass balance model designed to study the response to climate
change must generate the albedo internally. This is difficult, however, as so many
factors are involved. The albedo depends in a complicated way on crystal structure, ice
and snow morphology, dust and soot concentrations, morainic material, liquid water in
veins, water running across the surface, solar elevation, cloudiness, etc. The best one
can do is to construct a simple scheme, in which the gross features broadly match
available data from valley glaciers (see Oerlemans, 1991).
Also, calculating the turbulent exchange has some special difficulties. Boundary layers
over melting ice or normally very stably stratified (large vertical temperature gradient)
and show wind maxima at low elevation (typically a few meters above the surface). It
has not been proven that existing schemes, based on the presence of a "constant flux
layer" are adequate here. This is particularly doubtful when the surface is very rough.

11.2 Application to Nigardsbreen, Norway

As an example, the application of the mass balance model to Nigardsbreen is discussed.
With appropriate input from nearby climatic stations (annual mean temperature,
sesaonal temperature range, daily temperature range, annual mean cloudiness, annual
mean humidity, constant precipitation rate through the year, altitudinal gradients in
temperature and precipitation) the mass balance profile can be calculated. In this case the
mass balance was generated on a one-dimensional grid, such that grid points were 100
in apart in terms of surface elevation. Several years of integration were needed to:obtain
an equilibrium mass-balance profile. Some results are shown in Figs. 16 and 17.
First of all, the simulation is quite satisfactory. It should be noted, however, that some
model parameters like altitudinal precipitation gradient or mean albedo of snow can
easily be varied within their range of uncertainty to give a good fit. This applies to
many glaciers as will be discussed later.

day (1 = Julian day 301)

350 m

Figure 16. Calculated cumulative balance for some selected altitudes on Nigardsbreen,
Norway. Note that there is still significant melt in summer well above the equilibrium line.
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Figure 17. A comparison of observed and simulated balance profile for Nigardsbreen,
Norway.

One of the advantages of a mass balance model of this type is that the effect of many
processes can be studied explicitly. One can vary albedo, cloudiness, humidity, etc. to
get a feeling for what is important and what not. Fig. 18 illustrates the role of the
turbulent exchange. Apparently, for Nigardsbreen the turbulent fluxes are important.
An example of a climate change experiment is provided in Fig. 19. Calculated balance
profiles are- shown for changes in annual mean air temperature. The senitivity of the
specific balance is largest at the lower parts of the glacier. In the upper part of the
glacier, balance gradients tend to steepen in a warmer climate.
Climate sensitivity CT of the mean specific balance to temperature change can now be
defined as

Response of valley glaciers to climatic change
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Figure 18. With an energy balance model the importance of various surface processes can
be investigated. Here it is shown what happens if he latent and sensible heat flux are set to
zero for the simulation shown in Figure 17. The solid line is the reference simulation.
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Figure 19. Balance profiles for Nigardsbreen, as calculated with a mass balance model for
various (uniform) changes in air temperature.

Here T is annual mean air temperature and Bm mean specific balance. Similar
definitions can be used for the sensitivity to annual precipitation (Cp), to summer
temperature, etc.
The calculations for Nigardsbreen referred to above yield CT =0.9 m a-1 K-1 and Cp =
0.035 m a-1 %-1 (Oerlemans, 1992).

11.3 Application to other glaciers

It is obvious that values of CT and Cp should be considered as basic quantities
characterizing a glacier. It is of great importance to know how these quantities vary
around the globe. Mass balance modelling of the type described above may provide an
idea.
Oerlemans and Fortuin (1992) have tried to model the mass balance profiles of the 12
glaciers shown in Fig. 2. For these glaciers good mass balance observations exist and
the hypsometry is known.
All 12 balance profiles could be simulated well with the energy balance approach by
slightly adjusting albedo and altitudinal precipitatin gradient within their ranges of
uncertainty.
A study of climate sensitivity, in terms of the quantities defined above, revealed that the
sensitivity is mainly determined by the amount of annual precipitation, i.e. by the
continentality of the glacier. This has been noted earlier by other workers, of course.
The results of energy-balance modelling support this view. Fig. 20 shows the change in
equilibrium-line altitude and mean specific balance for the 12 glaciers, plotted in
dependence of the annual precipitation. Actually shown are SB t and SE for a uniform
1 K warming.
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Figure 20. Change of equilibrium-line altitude (upper) and mean specific balance (lower) for
12 glaciers, as calculated with an energy balance model for a uniform 1 K warming (o:
temperature change only; +: including an increase of precipitation of 5%).

The difference between the dry subpolar glaciers (White Glacier and Devon Ice Cap, left
in the figure) and the maritime glaciers of Norway is impressive: a factor of about 6 in
SBm. It is noteworthy that there is no clear relation between annual precipitation and
SE. This suggests that the differences in SBm are related to glacier geometry.
Glaciers with large mass turnover extend to relatively low elevations with high air
temperature. The ablation season thus lasts longer, which is the main reason for the
increased sensitivity. This is illustrated further by the fact that when in the model
calculations summer temperature only is increased, the sensitivity does not further
increase for annual precipitation larger than about 1 m/a (not shown).
It has been suggested that in colder climates precipitation is limited by air temperature.
Changing precipitation rates in association with changing temperature can thus
influence CT as discussed above. The results of a calculation with a 1 K warming and an
additional 5% increase in precipitation are also shown in Fig. 20. Apparently, in this
case values of CT are reduced by about 25%. So, in case of climate warming, a very
large increase of precipitation would be needed to offset the increasing melt rates.
For completeness, the fits shown in Fig. 20 are (# including precipitation effect):

CT = - 0.512 - 0.662 log(P) (29)

CT = - 0.401 - 0.514 log(P) # (30)

Here P is in m a 1 and CT in m a-1 K-1. The fits applies to values of P larger than
0.22ma-1.
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11.4 Global mean static sensitivity of glaciers to temperature change

Accepting that climate sensitivity of glaciers is mainly determined by the precipitation
regime, eq. (29) or (30) can be used to extrapolate the results of this study to all glaciers
and small ice caps.
Suppose that each glacierized region can be characterized by glacier area Ak and annual
precipitation (mean over the glaciers in that region) Pk, where the index k refers to the
specific region. The global mean value for CT is then obtained from

(CT) = 1 Ak (0.512 0.662 log Pk)
Aror k=1

(31)

Working this out, see Oerlemans and Fortuin (1992), leads to (CT) = -0.40 in a-I K-1.
This is rather less than values derived for midlatitude glaciers (compare with the value
for Nigardsbreen mentioned earlier: -0.9 in a I K-1). The main reason for the difference
is the influence of the subpolar ice caps (see Fig. 21). They make a major contribution
to the total area of glaciers and ice caps outside Greenland and Antarctica. This total area
is about 5.28 x 105 km2 and the ratio of total glacier area to ocean area is 0.00146.
Consequently, it is easily calculated that a l K warming would cause a sea-level rise of
0.58 mm/a on the account of glaciers and small ice caps. Using this number to make
sea level projections (or calculate the contribution of glaciers to sea-level rise over the
last 100 years or so) has a few problems, however. One is the definition of an initial
state, another concerns the fact that reliable relations between glacier volume and area do
not exist. Also, the fact that time scales for glaciers and small ice caps range by two
orders of magnitude makes things complicated.
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Figure 21. Distribution of glacierized regions outside Greenland and Antarctica over
latitude belts (based on Oerlemans and Fortuin, 1992).

12. THE GLOBAL PERSPECTIVE

When considering the entire data set on glacier fluctuations stored at the World Glacier
Monitoring Service (WGMS, Zurich) it becomes apparent that records are very different
in length and character. Also, the information is scattered irregularly over the globe.
Nevertheless, these data contain climatic information that should be retrieved. In 1993,
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there were about 50 glaciers in the WGMS data set having a length record with at least
one data point before A.D. 1940. It is not feasible to construct numerical models of all
these glaciers, but a more global approach that does justice to the fact that glaciers may
have different dynamic characteristics appears useful. Here the approach taken- in
Oerlemans (1994) is discussed.
Formally, climate and glacier fluctuations over a specific period can be viewed as
composed of a linear trend on which smaller-scale fluctuations are imposed. One can try
try to find this linear component, thereby assuming that glacier extent is in balance
with climate. This assumption will be more accurate when the period studied is longer.
Here the period A.D. 1850 - 1990 is considered (the average length of the 48 records of
glacier length used is 94 years).
Linear trends of change in glacier length can be calculated for all glaciers, irrespective of
the start or end of the record. It appeared that all glacier fronts have retreated at mean
rates R between 86 and 1.3 m/a. Then, to make results from different glaciers
comparable a two-step scaling procedure is applied. The scaled rate of retreat R* is
defined as ((} denotes mean of sample):

R* = R /Is (CT)
(S CT

(31)

where s is the surface slope and CT the climate sensitivity as defined in eq. (29). A
retreat rate defined in this way allows for the notion that glaciers with a smaller surface
slope are more sensitive to climate change than steep glaciers, at least with regard to
their length (see section 4). Also, the differences in climate sensitivity are now taken
into account to some extent.
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Figure 22. Rates of retreat (non-scaled and scaled) calculated for 48 glaciers as documented
at the World Glacier Monitoring Service. Dashed line shows linear fit with latitude for the
scaled values.

90

60

-30

1

°4

................... ................................ ........o . o

d I

-100
-60

0



118 J. Oerlemans

dLJdT
(km K-1)

R*/R (dLldT)*
(km K-1)

Hintereisferner (Greuell, 1992) 4.26 0.52 2.20

Nigardsbreen (Oerlemans, 1992)) 4.50 0.48 2.16

Rhonegletscher (Stroeven et al, 1989)) 3.98 0.48 1.91

Glacier d' Argentiere (Huybrechts et al, 1989) 4.23 0.48 2.02

Lewis Glacier (Kruss, 1983) 1.5` 1.09 1.63

mean 1.98

Table 1. Values of dL/dT as inferred from numerical studies of. a number of glaciers.

Fig. 22 shows values of R and R* for 48 glaciers, plotted in dependece of latitude.
Obviously, the scatter of retreat rates is considerably reduced by the scaling procedure.
For the entire sample it appears that the signal-to-noise ratio, defined as the mean trend
divided by the standard deviation, increases from 1.22 for the nonscaled to 1.93 for the
scaled values.
To, relate the scaled mean, glacier retreat to climate change, glacier dynamics have to be
considered. It is interesting to see how large a uniform temperature increase should have
been to explain the observed retreat. Values of dL/dT can be obtained from studies with
numerical ice flow models as discussed earlier (see Table 1).

0.6

0.4

0.2

Y
-0.2

-0.4

-0.6

............................ ............................. ............................. ..........................

temperature readings (Jones, 1989)
...................y"--..,..i............................................."""".......

............

independent estimate ""'"""""""""""'"""'""'"'""""

from glacier retreat

1850 1900 1950

year

2000

Figure 23. Global mean. surface temperature from Jones (1996) compared with an
independent estimate of global mean temperature changes based on the glacier record.

................. .......... ............... ............. .........--........... ......

............................. i....
WA..-.......

.11.... V_M............

..tf .... . <- +.. ................. .......

-0.8F............/

-1 V i i i

1800



Response of valley glaciers to climatic change 119

The scaled mean value found implies a 2.0 km change in glacier length for a
temperature change of 1 K. The average starting and ending dates of all records are 1884
and 1978. Over this 94-year period the scaled mean glacier retreat is 1.23 km, implying
a 0.62 ± 0.09 K warming over this period, corresponding to 0.66 ± 0.10 K per 100
years [the uncertainty is based on a 30% error in the individual estimates of slope and
climate sensitivity, and assuming the regions, but not the glaciers within a region, to
have independent errors)].
The total error may be twice as large (of the order of 0.2 K). Other factors than
temperature affect the size of glaciers, notably precipitation and cloud cover. For the
largest glaciers in the sample the response times may be larger than desired for this
study. The inhomogeneity of the data adds to this. Some of the records begin in 1850,
others in 1925. Also, most of the records are in the midlatitudes of the Northern
Hemisphere.
In Fig. 23 the temperature increase estimated above is compared with the instrumental
record taken from Jones (1996).

13. PREDICTING FUTURE BEHAVIOUR OF INDIVIDUAL GLACIERS

For those responsible for hydropower reservoirs in glacierized regions, safety of roads,
constructions and ski runs, the future behaviour of individual glaciers is of great
interest. Here numerical models may play an important role.
One of the problems encountered in testing a model is related to transient behaviour.
Glacier maps always provide an observed state of which it is unknown to what extent it
is in balance with the current climate. Here even the definition of the current climate is
not clear. One could define this as the mean state over a recent 30-yr period and try to
generate from the climate data a mass balance profile to force the glacier model. On the
other hand, when mass balance observations are available for a significant period of
time, the mean observed specific balance profile could be taken as the current climate
forcing.
When a reference balance profile has been defined and proper geometry of the glacier is
available, a flow model can be run until a steady state is reached and a comparison of
observed and computed ice surface elevation can be made. This is not necessarily a good
way to judge the performance of the model. When a record of glacier length L(t)
exceeding the characteristic response time is available, it seems beneficial to us this as a
constraint in a model simulation. So, before embarking on a calculation for the future, a
model should be "forced" to reproduce the observed record of glacier length. One
possibility to this is the following.
First of all, it is assumed that at any time the balance profile can be described as [see
Eq. (25)]:

B(h,t) = Bo(h) + 8B(t)

Here B0(h) is the reference balance profile, independent of time, and 8B(t) a balance
perturbation, independent of altitude h. Now, 8B(t) has to be determined in such a way
that a good match between simulated and observed glacier length record is obtained.
This may seem difficult, but it is not in practice.
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Figure 24. Model simulation of the historic length record of Nigardsbreen, Norway. The
lower curve shows the forcing, i.e. the mass balance history.

Next snapshots from the model simulation can be compared with available glacier maps
(and possibly a surface profile for a maximum glacier stand as estimated from
trimlines). This then provides a more straightforward picture of the performance of the
model. When large discrepancies occur, it may be necessary to revise the geometric
input or the flow parameters and repeat the procedure (dynamic calibration).
As an example, Fig. 24 shows a simulation for Nigardsbreen (Oerlemans, 1997), for
which a record of glaciers length is available that starts in the beginning of the 18th
century. In this case mass balance observations are available since 1962, and the SB(t)
history to provide the good fit was determined for the perlod 1600 - 1962. It is a simple
fucntion with 10 step changes (i.e. having 20 degrees of freedom).
Model predictions for this case are shown in Fig. 25. The no change" case refers to a
calculation where the imposed mass balance equals the 1962-1993 mean (for this period
8B=0 by definition). Obviously the glacier is presently not in balance but would
increase its length by about 800 m. Heating rates of 0.01 and 0.02 K/a, being
conservative estimates according to the IPCC point of view, would lead to dramatic
retreat of Nigardsbreen (using CT=-0.9 m/K). The predicted 2100 volume would only
be a fraction of that during the maximum stand in the middle of the 18th century.
It is obvious that the sensitivity of a glacier depends very much on the geometry.
Nigardsbreen is extremely sensitive because the high area feeding the valley glacier is
relatively flat and has an elevation only a few hundred meters above the current
equilibrium line. Numerical models of the type described in this paper seem to be the
right tool to capture such geometric effects.
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14. EPILOGUE

Modelling macroscopic natural systems like a glacier should be based on physical laws.
However, it has to be accepted that the degree of detail is limited, and that in most cases
a pragmatic approach in the use of such laws is inevitable to obtain a workable model.
It is generally not possible to make an absolute quantitative assessment of the state of
balance of a natural system, unless it is insensitive to input parameters (in that case,
however, the absolute state of balance varies little and is of no interest). The
implication is that models need to be calibrated before they are used for sensitivity
studies.
The mass balance model discussed in section 11 provides a good example. Because of
the large sensitivity of glacier mass balance to temperature, the model cannot be used to
assess the absolute mean specific balance of a glacier. Even if the model were almost
perfect, the uncertainty in the climatological input data produces a large error bar on the
mean specific balance. It is a misunderstanding, however, that tuned models would be
less reliable with regard to sensitivity experiments. In fact, careful calibration, together
with having an explicit description of the dominant physical processes, is the best
guarantee that a sensitivity study provides reliable results.
The argument is frequently heard that it makes no sense to model a particular glacier
because field data are too scanty. This makes just as much sense as stating that it is
useless to do measurements on a glacier because a model is not available. In fact, an
attempt to construct a model can be done when a topographic map is available. Of
course application of such a model will have its limitations.
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Modelling and making observations should be combined. Measurements always yield
useful constraints for modelling - any modelling provides information on the dynamic
properties of a glacier and may give hints to what is important to measure and what not.
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