
GEOLOGICA ULTRAIECTINA

Mededeling van de
Faculteit Geowetenschappen

Universiteit Utrecht

No. 336

Higher mode surface wave
interferometry

Wouter P. Kimman





Higher mode surface wave
interferometry

Interferometrie toegepast op boventonen van oppervlaktegolven

(met een samenvatting in het Nederlands)

PROEFSCHRIFT

TER VERKRIJGING VAN DE GRAAD VAN DOCTOR

AAN DE UNIVERSITEIT UTRECHT

OP GEZAG VAN DE RECTOR MAGNIFICUS, PROF. DR. J. C. STOOF,
INGEVOLGE HET BESLUIT VAN HET COLLEGE VOOR PROMOTIES

IN HET OPENBAAR TE VERDEDIGEN

OP VRIJDAG 11 FEBRUARI 2011 DES MIDDAGS TE 12.45 UUR

DOOR

Wouter Pepijn Kimman

GEBOREN OP 23 AUGUSTUS 1982, TE NOORDOOSTPOLDER



Promotor: Prof. dr. J. Trampert

The research described in this thesis was carried out at:
Faculty of Geosciences
Utrecht University
Budapestlaan 4
3584 CD Utrecht
The Netherlands



Members of the dissertation committee:

dr. R.-E. Plessix
Shell International Exploration and Production B.V.
Rijswijk, The Netherlands

Prof. dr. J. Ritsema
Department of Geological Sciences
University of Ann Arbor, USA

Prof. dr. R.K. Snieder
Department of Geophysics
Colorado School of Mines, USA

Prof dr. W. Spakman
Faculty of Geoscience
Utrecht University, The Netherlands

Prof dr. Ir. C.P.A. Wapenaar
Department Applied Earth Sciences
Technical University, Delft

This work is funded by the Stichting voor Fundamenteel Onderzoek der Ma-
terie (FOM), which is financially supported by the Nederlandse Organisatie voor
Wetenschappelijk Onderzoek (NWO).





Contents

1 Introduction 1
1.1 Research objective . . . . . . . . . . . . . . . . . . . . . . . . . 1
1.2 Tomography, Surface waves, and the quest for resolution . . . . . 2
1.3 Seismic Interferometry . . . . . . . . . . . . . . . . . . . . . . . 3
1.4 Data . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 5

1.4.1 Geological setting . . . . . . . . . . . . . . . . . . . . . 6
1.4.2 Approach . . . . . . . . . . . . . . . . . . . . . . . . . . 6

1.5 Thesis outline . . . . . . . . . . . . . . . . . . . . . . . . . . . . 9

2 Approximations in Seismic Interferometry and the implications for
surface waves 11
2.1 Introduction . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 12
2.2 Green’s function retrieval using monopole sources with a perfect

distribution . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 17
2.2.1 Single mode Rayleigh waves . . . . . . . . . . . . . . . . 17
2.2.2 Intermodal cross-terms . . . . . . . . . . . . . . . . . . . 18
2.2.3 Love waves . . . . . . . . . . . . . . . . . . . . . . . . . 20

2.3 Green’s function retrieval using monopole sources at the surface
only . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 23
2.3.1 Single mode Rayleigh waves . . . . . . . . . . . . . . . . 23
2.3.2 Cross-terms overwhelm higher modes . . . . . . . . . . . 24

2.4 Green’s function retrieval using sources with azimuthal hetero-
geneity . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 27
2.4.1 Phase errors for a non-dispersive Rayleigh wave . . . . . 27
2.4.2 Phase errors for a dispersive wave . . . . . . . . . . . . . 28

2.5 Convergence towards the exact Green’s function . . . . . . . . . . 32
2.5.1 Convergence with uncorrelated and correlated sources . . 32
2.5.2 Convergence of higher modes . . . . . . . . . . . . . . . 34

i



2.5.3 Sources in coherent zones only . . . . . . . . . . . . . . . 35
2.6 Conclusions . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 36
2.7 Acknowledgments . . . . . . . . . . . . . . . . . . . . . . . . . 37
2.8 Appendix . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 38

2.8.1 Single mode Rayleigh wave interferometry . . . . . . . . 38
2.8.2 Single mode Love wave interferometry . . . . . . . . . . 40

3 Improving overtone group velocity measurements from noise cross-
correlations using phase-stacks 43
3.1 Introduction . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 43
3.2 Method . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 45

3.2.1 Traditional phase-weighted stack (PWS) . . . . . . . . . . 45
3.2.2 Phase-weighted stack in the time-frequency domain (TF-

PWS) . . . . . . . . . . . . . . . . . . . . . . . . . . . . 46
3.3 Application to synthetic data . . . . . . . . . . . . . . . . . . . . 47
3.4 Application to real data . . . . . . . . . . . . . . . . . . . . . . . 51

3.4.1 Annerveen Data . . . . . . . . . . . . . . . . . . . . . . 51
3.4.2 NARS-NE data . . . . . . . . . . . . . . . . . . . . . . . 54

3.5 Discussion and conclusions . . . . . . . . . . . . . . . . . . . . . 57

4 Characteristics of seismic noise and the velocity structure beneath An-
nerveen, The Netherlands 59
4.1 Introduction . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 60

4.1.1 Data pre-processing . . . . . . . . . . . . . . . . . . . . 62
4.2 Beamforming . . . . . . . . . . . . . . . . . . . . . . . . . . . . 62
4.3 Green’s functions . . . . . . . . . . . . . . . . . . . . . . . . . . 69

4.3.1 Processing procedure . . . . . . . . . . . . . . . . . . . . 69
4.3.2 Directionality from Green’s functions . . . . . . . . . . . 70

4.4 Phase velocity estimation . . . . . . . . . . . . . . . . . . . . . . 73
4.4.1 Phase velocity from Green’s functions . . . . . . . . . . . 73
4.4.2 Phase velocity from beamforming . . . . . . . . . . . . . 75

4.5 1-D model estimation . . . . . . . . . . . . . . . . . . . . . . . . 77
4.6 Inversion and mode identification . . . . . . . . . . . . . . . . . . 78

4.6.1 Appraisal, structural inversion, and seismic velocities . . . 79
4.6.2 On 1-D averaging and heterogeneity . . . . . . . . . . . . 84

4.7 Discussion and conclusions . . . . . . . . . . . . . . . . . . . . . 85



5 The NARS-Annerveen array: Group velocity inversion 87
5.1 Introduction . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 87
5.2 Group velocity measurements . . . . . . . . . . . . . . . . . . . 88
5.3 Group velocity inversion, method . . . . . . . . . . . . . . . . . . 93

5.3.1 Problem formulation . . . . . . . . . . . . . . . . . . . . 93
5.3.2 Parameterization and Regularization . . . . . . . . . . . . 94
5.3.3 Inversion matrix . . . . . . . . . . . . . . . . . . . . . . 95

5.4 Group velocity maps . . . . . . . . . . . . . . . . . . . . . . . . 96
5.4.1 Elementary test . . . . . . . . . . . . . . . . . . . . . . . 96
5.4.2 Regularization parameters . . . . . . . . . . . . . . . . . 97
5.4.3 Rayleigh wave group velocity maps . . . . . . . . . . . . 99

5.5 Interpretation . . . . . . . . . . . . . . . . . . . . . . . . . . . . 101
5.6 Discussion . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 104
5.7 Conclusions . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 105
5.8 Supplementary material: Resolution and uncertainty analysis . . . 105

6 Summary and conclusions 109

Bibliography 113

Samenvatting (Summary in Dutch) 121

Acknowledgments 127

Curriculum vitae 128





Chapter 1

Introduction

1.1 Research objective

”Can we increase the vertical resolution in surface wave interferometry by using
higher modes?”

This is the central research question in this thesis. In 2005, the first tomogra-
phic images of S-wave velocities were constructed using ambient noise, demon-
strating unprecedented resolution in the crust compared to traditional earthquake
data. The reason is that ambient noise contains (mainly) fundamental mode sur-
face waves (Bonnefoy 2006a) that are, in the analysed frequency band, sensitive
to the crust. The first noise studies were both groundbreaking and promising. In-
deed, such type of tomography produced high-resolution images, but still much
improvement can be made. For example, the fundamental mode surface wave has
exponential decaying sensitivity with depth, leading to smearing in the vertical
direction. By including higher mode information in the inversion process the ver-
tical resolution could be drastically improved. Higher modes, (equivalently called
overtones, or harmonics) have a different sensitivity to the Earth, and can be used
as additional observables. However, these modes seem to be difficult to observe
in noise studies. The objective of this thesis is to elucidate the problems involved,
and to investigate the feasibility of inversion with higher mode information. By
including higher modes, and studying a frequency bandwidth that is slightly above
the main microseism band (0.05-0.2 Hz), we are able to study medium properties
at exploration scales (hundreds of meters to a few kilometres depths).

1



2 Chapter 1

1.2 Tomography, Surface waves, and the quest for reso-
lution

Seismic tomography (Bois et al. 1972; Aki & Lee 1976; Dziewonski et al. 1977)
is a well established and powerful tool to image the seismic velocity properties of
the Earth. Traditionally, three subclasses are distinguished (even though a combi-
nation of different observables is often made in a joint inversion, to complement
their different sensitivity to different parts of the Earth): 1) normal modes (e.g.
Ishi & Tromp 2004) to image long wavelength structures of the (deep) Earth, 2)
body wave arrival times (e.g. Amaru 2007) and 3) surface wave tomography.
Body waves are capable of imaging high resolution velocity information in re-
gions with very dense station coverage, while normal modes image only the long
wavelength structures of the Earth, but have sensitivity up to the inner core.

Surface waves are waves propagated in directions parallel to the surface of the
Earth. They therefore suffer less attenuation as a result of geometrical spreading,
and are in general the most energetic part of an earthquake seismogram (0.005-
0.1 Hz, or 10-200 s). Also, surface waves often dominate the recordings at high
frequencies in exploration settings (commonly termed ground roll). Whilst often
discarded as unwanted signal in reflection seismics, surface waves can provide
important information about the subsurface because of their different sensitivity
to the material parameters. Indeed, many studies have used surface waves for the
successful imaging of (mostly S-wave) structure. For both large scale in seismol-
ogy (periods above 40 s, imaging the Earth’s mantle), and small scale (e.g. Louie
2001, using frequencies above 10 Hz (periods below 0.1 s), that are sensitive to the
first 100 m of the subsurface) surface waves prove to provide a large information-
gain in the studied regions. For large scale studies, surface waves have a better
sampling in oceanic upper mantle compared to body waves.

Even though some teleseismic surface wave studies were able to image the
crust (e.g. Ritzwoller & Levshin 1998), Signal-to-Noise ratio’s in the relevant fre-
quency band is in general very low, and few studies attempted to measure (group,
or phase) velocities below 15 s period. This changed with the advent of ambient
noise tomography, exploiting the large amplitude of noise in the microseism fre-
quency band (0.05-0.2 Hz, 5-20 s) The first images showed very good correlation
to crustal geologic features (Shapiro et al. 2005; Sabra et al. 2005). The hori-
zontal resolution in surface wave tomography is mainly dependent on the station
coverage. However, the sensitivity of surface waves to the material parameters
decays exponentially with depth. Therefore, the optimum vertical resolution is
near the surface to a depth of 1-2 wavelengths.
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As opposed to reflection data, a sharp velocity contrast at depth will often
be imaged as an average, or a smoothed version of the velocity contrast. This
property is reflected in global studies as relatively poor vertical resolution in the
deeper mantle. However, this can be greatly improved if higher modes are in-
cluded in a depth inversion. Higher modes, or overtones, sample the Earth in
different areas compared to the fundamental mode, and their sensitivity is not
necessarily exponentially decaying with depth. The use of these additional con-
straints, the information from higher modes (Nolet 1975; Cara 1978, van Heijst &
Woodhouse 1997; Visser et al. 2008), has led to an improved vertical resolution
of S-velocity structural images (e.g. Ritsema et al. 2004). Also, in near-surface
(higher frequency) studies, the inversion of higher modes has improved the verti-
cal resolution of the resolved S-velocity structure (Xia et al. 2003).

1.3 Seismic Interferometry

The principle of superposition of waves states that the resulting displacement at a
point is equal to the (vector) sum of the displacements of different waves at that
point. Interferometry in its broadest sense, is defined as the technique of diagnos-
ing the properties of two or more waves by studying the pattern of interference
created by their superposition. The term seismic interferometry however, is not
just concerned with the principle of interfering waves. It refers in general to any
study that aims to the retrieve the impulse response (Green’s function) between
two locations by cross-correlating the measured (elastic) signals at these two lo-
cations. This principle is best visualized by the concept of an integral of sources
surrounding the two receivers, as introduced by Wapenaar (2004) in a 3D deriva-
tion for elastic media. Without explaining the specifics regarding source excitation
and requirements of the medium involved, Green’s function retrieval between two
locations xA and xB is most simply described by

G(xA,xB, t, 0)−G(xA,xB,−t, 0) ≈ − d

dt

∮
S
G(xA,x, t, 0)⊗G(xB,x, t, 0)dS,

(1.3.1)

where ⊗ represents cross-correlation, and G(xA,x, t, 0) the response at measured
at xA due to a source on some integration surface S surrounding the two points.
This is visualised in Figure 1.3.1, for the simplest case, a direct SH wave in a
homogeneous medium.
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Figure 1.3.1: A correlation gather showing contributions from sources along the inte-
gration path. Sources are distributed circularly around the two stations, the y-axis thus
represents the angle with respect to receiver-receiver axis. The (negative derivative of
the) total sum leads to the Green’s function, in this case an SH wave. It is positive at
positive times, and has a negative time-reversed counterpart.

Seismic interferometry thus means the ability to image the Earth without the
need for active (exploration seismics), or earthquake sources (seismology). In ex-
ploration seismics, where one is usually interested in the reflection response, this
means the ability to image in areas where it is not possible to work with dense
source distributions (naturally sensitive areas, urban areas, areas with difficult ter-
rain conditions). In seismology, interferometry doesn’t suffer from the problem
that earthquakes act almost exclusively only at the plate boundaries, and the prob-
lem that with the same data one has to invert for both material properties and
source parameters. (In practice however, ambient noise related to microseisms is
also unevenly generated.)

Snieder (2004) showed that the stationary phase region in the integral of
sources is the only region contributing to the retrieval of the Green’s function,
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whereas other contributions cancel each other. In Figure 1.3.1 this region corre-
sponds to sources around 0 and 180 degrees. In more complicated configurations,
multiple wave types exist, each with their own stationary phase region. The theory
of Green’s function retrieval has been derived for ballistic waves (Snieder 2004),
as well as for normal modes (Tanimoto 2008), and pure diffuse fields (Weaver
& Lobkis 2005). Also the connection between the different approaches has been
shown (Curtis et al. 2006). Furthermore, the theory is not just valid for elastic
waves, but for any linear wave field, including attenuative media (Wapenaar et
al. 2006; Snieder et al. 2007). In the past decade, the amount of literature re-
garding Green’s function retrieval has increased spectacularly. However, the main
concept behind the theory is not new. Indeed already in the 50’s it was known
that a cross-correlation of a random input-signal in a linear system with its output
gives the impulse response, the basic concept of phase-matched filters (Wiesner
& Lee 1950). Furthermore, in the application of thermal noise it was known that
the cross-correlation product of electric dipole sources is equal to the sum of the
electric conductivity and its time-reversed version, times the thermal energy in the
system (Landau & Lifshitz 1960). Duvall et al. (1993) demonstrate the principle
in helioseismology. Aki (1957) was the first to propose to use seismic noise to
retrieve the dispersion properties of surface waves. This developed in the rou-
tinely applied method SPAC (Spatial Auto-Correlation method), later recognised
to be consistent with, and related to the Green’s function retrieval method (Yokoi
& Margaryan 2008; Tsai & Moschetti 2010). Claerbout (1968) first recognised
the possibility of retrieving impulse responses with noise in seismics, and derived
the 1-D (using auto-correlation instead of cross-correlation) acoustic transmission
response case, nearly 40 years before the first tomography applications using fun-
damental mode surface waves. There is no fundamental reason why higher modes
can not be used, other than that they represent only a weak part of the noise content
(Bonnefoy et al. 2006a).

1.4 Data

To characterize the subsurface using noise cross-correlations on a scale relevant
to hydrocarbon exploration, we designed and installed a temporary array above
the Annerveen gas field in the Netherlands. The measured particle displacements
depend on the geology of the area and the properties of the incoming noisefield.
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1.4.1 Geological setting

In most parts of the Netherlands, more than 10 km of siliciclastic sediments over-
lie a metamorphic basement (de Jager 2007). The region of study is geologically
complicated, and has extensively been studied through 3D seismic surveys and
well drills. The northern part of the Netherlands is characterized by gas reservoirs
and salt domes. The central point of our array is just above The Annerveen gas
field (Figure 1.4.1) (nearing the end of the production phase) and the Veendam
(Zechstein) salt dome, which reaches up to depths from 100-200 m below the sur-
face (and is also used for commercial extraction). The region is at the southern
rim of the Southern Permian basin (van Wees et al. 2000), which extends from the
English onshore to Poland. In general the northern part of the Netherlands is char-
acterized by thicker sediments in the north-western direction, towards the North
Sea Central Graben. However, locally below our array sediments are thickest in
the SE-direction, as it is on the edge of the Lower Saxony basin. Throughout geo-
logical history, different phases of fault activation and reactivation have occurred.
Here the Zechstein salt movements have played a crucial rule in the structure of
the basins.

1.4.2 Approach

In most passive noise recording, two peaks in the spectral amplitude can be ob-
served; in the frequency band between 0.05-0.1 Hz (primary), and between 0.1-
0.2 Hz (secondary microseisms). Teleseismic events are often not well recorded
in this range, due to attenuation and the relative high noise-level. For this reason,
noise studies were able to provide additional information leading to improved
crustal images from surface wave tomography. However, not many studies have
included frequencies above the secondary microseism range.

We aim at higher resolution compared to standard noise studies by including
wavelengths of the order of a few km. This implies analysis of higher frequencies
and shorter interstation distances. However, for proper dispersion analysis the
frequency band should not be too narrow. For the lower frequencies, longer inter-
station distances should be included. To compromise between these constraints,
the 15 broadband (Trillium 120P) seismometers were placed in a configuration,
so that the interstation distances varied between 3.1 and 46.6 km. The stations
were circularly positioned roughly around 4 radii (2.5, 8, 15 and 23 km) around
the centre location (53.085deg, 6.765deg) (see Figure 1.4.1).

The configuration used provides a wide range of interstation distances as well
as a reasonably evenly distributed azimuthal coverage. (Figure 1.4.2). Recording
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Figure 1.4.1: Station setup (blue dots), and outline of some of the geological features of
the region of study: The Annerveen and the Groningen gas fields (in orange). In black
the Veendam salt wall, also prominently visible on the seismic section on the right. The
profiles (indicated in green in the left panel) illustrate the structural complexity in the
area. (Seismic sections and geological description from Veenhof (1996).)

was continuous at 40 Hz sampling rate from September 2007 until June 2008.
The stations were installed outdoors in a protective casing in mainly rural envi-
ronments, placed on a cemented surface directly on the sedimentary soil.
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Figure 1.4.2: The distribution of distance and (1-way) azimuth for all (105) interstation
paths.
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As described above, the studied region is strongly heterogeneous. In inter-
ferometry, more scattering, leading to a more diffuse wavefield, is in general
considered to be advantageous for the success of retrieval of the Green’s func-
tion (Larose 2004). However, this concerns the incoming wavefield only. If the
Green’s function under investigation is very complicated, retrieval is again diffi-
cult, not to speak of the subsequent analysis thereof. Fortunately, the discussed
local structural heterogeneities are in general too small to affect the low-frequency
(primary and secondary microseism) surface waves to a great extent. We expect
to image the broad scale variations.
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1.5 Thesis outline

We first explore the theoretical basis of interferometry (chapter 2). We describe
the effects of different assumptions taken in surface wave interferometry. In this
manner, we explore the fundamental problems associated with the retrieval of
higher modes. We then develop a tool to deal with some of the imperfections in
the retrieved Green’s function (chapter 3). This tool, a phase stack in the time-
frequency domain, is successful in lifting higher modes above the noise level in
synthetic examples. Also with real data applications the method shows an im-
provement in some group velocity measurements. The time-frequency phase-
weighted stack is effective in denoising the cross-correlations. We apply this
method to our Annerveen data array (chaps. 4 and 5). We use the measurements
of both Rayleigh and Love wave phase velocities to invert for an average 1-D
model. We indeed observe higher modes over a specific frequency range [0.15
- 0.25 Hz] in the retrieved Green’s functions, originating from different source
regions compared to the main secondary microseism. The resulting SV and SH
profiles suggest possible radial anisotropy in some of the layers that we invert for.
In chapter 5 we construct group velocity maps for different frequencies of both
Rayleigh and Love waves, as well as for the measured overtone. We compare
the results to the known geological features of the area, and make an assessment
of the reliability of these maps. We end with a summary and recommendations
for future research on the topic. Figure 1.5.1 indicates the main processing steps
taken in most ambient noise studies. The relevance of the different chapters are
indicated around the processing steps. Whereas the first two chapters are intended
respectively to gain better understanding about the theory (what happens exactly
if we cross-correlate imperfect noise data?), and to improve on a specific pro-
cessing step (stacking of correlation functions), the third and fourth chapter are
data-driven. We follow the complete processing scheme with the knowledge in
mind gained in the first chapters.

Noise recording
Preprocessing measurement

Group / Phase velocity
Cross−correlation   Stack Inversion

Chapter 5.

Chapter 3.Chapter 2.

Chapter 4.

Figure 1.5.1: Typical (simplified) steps taken in ambient noise studies.
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Chapter 2

Approximations in Seismic
Interferometry and the
implications for surface waves

Abstract We investigate common approximations and assumptions in seismic in-
terferometry. The interferometric equation, valid for the full elastic wavefield,
gives the Green’s function between two arbitrary points by cross-correlating sig-
nals recorded at each point. The relation is exact, even for complicated lossless
media, provided the signals are generated on a closed surface surrounding the two
points and are from both uni-directional point-forces and deformation-rate-tensor
sources. A necessary approximation to the exact interferometric equation is the
use of signals from point-force sources only. Even in simple layered media, the
Green’s function retrieval can then be imperfect, especially for waves other than
fundamental mode surface waves. We show that this is due to cross-terms be-
tween different modes that occur even if a full source boundary is present. When
sources are located at the free surface only, a realistic scenario for ambient noise,
the cross-terms can overwhelm the higher mode surface waves. Sources then
need to be very far away, or organized in a band rather than a surrounding surface
to overcome this cross-term problem. If sources are correlated, convergence of
higher modes towards the true Green’s function is very hard to achieve. In our
examples of simultaneously acting sources, the phase of the higher modes only
converges correctly towards the true solution if sources are acting in the station-

This chapter has been published as: W.P. Kimman and J. Trampert, Approximations in seismic
interferometry and their effects on surface waves, Geophysical Journal International 182, 461-476,
doi:10.1111/j.1365-246.X.2010.04632.x, 2010, with minor modifications made.

11



12 Chapter 2

ary phase regions. This offers an explanation for some recent body wave obser-
vations, where only interstation-paths in-line with the prevailing source direction
were considered. The phase error resulting from incomplete distributions around
the stationary phase region generally leads to an error smaller than 1% for realistic
applications.

2.1 Introduction

Seismic interferometry is a relatively young and fast expanding field both theo-
retically and experimentally (see reviews by Campillo 2006; Curtis et al. 2006;
Gouédard et al. 2008a; Snieder et al. 2009). It allows to reconstruct the Green’s
function between two receivers by cross-correlating the signals received at both
receivers. A first mathematical demonstration of the principle was provided by
Lobkis & Weaver (2001) assuming that the wavefields were diffuse. A more
general demonstration based on representation theorems was given by Wapenaar
(2004). Experimental proof was given by Weaver & Lobkis (2001), Campillo &
Paul (2003), Larose et al. (2004), and Malcolm et al. (2004). An elegant in-
tuitive derivation of the principle is given by Derode et al. (2003), who showed
the connection between interferometry and time-reversal, and Snieder (2004) who
applied stationary phase principles. Since then a vast number of applications have
been proposed (Campillo 2006; Curtis et al. 2006; Gouédard et al. 2008a; Snieder
et al. 2009). Most applications have been in ambient noise tomography (e.g.
Shapiro et al. 2005; Sabra et al. 2005; Yang et al. 2007; Picozzi et al. 2009;
Nishida et al. 2009). In these studies, only the fundamental mode surface wave
is retrieved. Our main motivation is to focus on the retrieval of overtones. Over-
tones are of great interest for imaging because they could substantially reduce
uncertainties in tomography and improve depth resolution. Although body wave
observations have been reported in noise studies (Roux et al. 2005b; Gerstoft
et al. 2008), often only the fundamental mode surface waves are retrieved. The
identification of reflections (Draganov et al. 2007, 2009) require a great deal of
processing to remove the surface wave component. In this study we investigate
the possibility to retrieve higher modes in detail.

The most general demonstration of the interferometric theorem is based on
representation theorems of the correlation type (de Hoop 1995). Wapenaar (2004)
and van Manen et al. (2006) showed that the elastic wave Green’s function be-
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tween two arbitrary points is given by:

Gim(xA,xB, ω) − G∗
im(xA,xB, ω) =

−
∮

S

(
Gin(xA,x, ω)njcnjkl∂kG

∗
ml(xB,x, ω)

− njcnjkl∂kGil(xA,x, ω)G∗
mn(xB,x, ω)

)
dS (2.1.1)

The first term on the left-hand side represents the particle displacement (in the
frequency domain) in the i-direction at location xA, due to an impulsive point
force in the m-direction at xB. The asterisk denotes complex conjugation. The
source positions x are located on an arbitrary enclosed surface S with normal nj .

The term njcnjkl∂kGil(xA,x, ω) represents the particle displacement at xA

due to a deformation-rate-tensor source at x. Here is ∂k the partial derivative
in the k-direction of the Green’s function, and cnjkl the stiffness tensor at the
source location. Equation (2.1.1) is exact for a full wavefield in any lossless elas-
tic medium. The theory can be extended to attenuating media if interferometry
by deconvolution (Wapenaar et al. 2008) is applied. The Green’s function be-
tween points xA and xB can thus be reconstructed from a summation of cross-
correlations between a Green’s function at one receiver, and the traction associated
to a Green’s function at the other. Invoking reciprocity (Aldridge & Symons 2001)
one could consider recording the gradient of the wavefield (Curtis & Robertsson
2002) to replace the tractions associated to the Green’s function. This would,
however, require more complicated recording configurations (involving buried re-
ceivers) than usually available, and the knowledge of the local stiffness parame-
ters. Instead, an approximation is made to replace the traction (often referred to as
a dipole source) by a scaled Green’s function or displacement (often referred to as
a monopole source). If the wavefield is diffuse and the energy is equipartitioned
(i.e. all elastic modes are excited with the same amplitude), the approximation
leads to the correct Green’s function (Weaver & Lobkis 2001). Equipartitioning
is, however, a necessary but not sufficient condition for retrieval. In some config-
urations equipartitioning of the wavefield occurs, but the Green’s function is not
retrieved accurately (Fan & Snieder 2009, Snieder et al. 2010). In the real earth,
the distribution of noise sources is not uniform. This can be a further problem for
retrieving the Green’s function. At around 1 Hz, seismic noise is generated from
wind and local meteorological conditions, while higher frequency noise (> 1 Hz)
originates mostly from human activities (Bonnefoy-Claudet et al. 2006a). Lower
frequency (< 0.5 Hz) noise sources have an oceanic origin. Microseisms are
thought to originate from surface pressure oscillations caused by the interaction
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between opposite travelling waves that have the same frequency in the ocean wave
spectrum (Longuet-Higgins 1950). The exact mechanism of coupling is, however,
unknown. Microseismic sources can be limited in aperture and seasonally depen-
dent (Tanimoto et al. 2006; Stehly et al. 2006). Furthermore, local storms and
hurricanes can prove to be microseismic sources (Gerstoft et al. 2008). In gen-
eral, noise sources are thought to act close to the surface (Rhie & Romanowicz
2004). In the following, we investigate the effect of imperfect source distributions
in azimuth, and configurations with free surface sources only, on the success of
the Green’s function retrieval.

For non-diffusive waves, an expression for isolated surface wave modes in the
far field has been derived with the stationary phase approximation (Halliday &
Curtis 2008a):

Gn
im(xA,xB, ω) − G∗n

im(xA,xB, ω)

≈ 2iω
∮

S
A(ω)Gn

ip(xA,x, ω)G∗n
mp(xB,x, ω)dS, (2.1.2)

where A(ω) is a frequency dependent scale factor. The repeated subscript p indi-
cates a summation of x-,y-, and z-directional point forces at every source location
on the surrounding integration surface. The superscript n denotes the surface
wave mode number. The term iω in the frequency domain is equivalent to taking
a negative time derivative in the time domain (we use the same Fourier conven-
tion as in Aki & Richards (2002)). Equation (2.1.2) is always valid for isolated
surface wave modes. The expression can be summed on both sides over all modes
to yield the full Green’s function (equation (2.2.2)). Halliday & Curtis (2008a)
predict that the cross-terms cancel in the far field approximation. This summa-
tion requires that pure mode Green’s functions are recorded (right hand side of
equation (2.1.2)), but in real applications the wavefield is multi-mode, and the fre-
quency dependent amplitude factor A(ω) is unknown and ignored. The notation of
Wapenaar & Fokkema (2006) considers the complete wavefield and gives a similar
result, but sources are expressed in pure P and S wave potentials. We generated
seismograms using a 3-D finite-difference code (Moczo et al. 2002; Kristek et
al. 2002) which calculates displacements and stresses. The computed wavefields
are from uncorrelated sources (sequentially fired) on a surrounding surface. We
first applied equations (2.1.1) and (2.1.2) in a homogeneous medium. This is the
canonical case described in Sanchez-Sezma & Campillo (2006), where the neces-
sary conditions for equipartitioning are satisfied in the far field. We find that the
recovered Green’s function matches the directly computed Green’s function for
both equations (Figure 2.1.1). The result is perfectly antisymmetric around t = 0,
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but for clarity we only plot the causal part. However, as soon as the medium is
complicated by introducing layering, the monopole approximation shows ampli-
tude differences and spurious arrivals (Figure 2.1.2). The amplitude differences
are to be expected since we neglected the unknown scaling A(ω), but the spurious
arrivals are surprising. Snieder et al. (2006) first identified spurious arrivals in
the case of inhomogeneous source distributions. Halliday & Curtis (2008a) also
identified spurious events for imperfect source distributions, and showed that they
are due to cross-terms between different modes. In our experiments, we find that
the spurious arrivals exist even with a perfect source distribution (of a surround-
ing surface), and we will show that these are due to these same cross-terms. This
could be important for the retrieval of overtones because they might arrive at the
same time.
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Figure 2.1.1: On the left, the typical rectangular source distribution (red dots) used for
Figures 2.1.1 (right) and 2.1.2. This configuration is chosen since it is the simplest shape
to compute the normals in equation (2.1.1), which puts no constraints on the integration
shape. The normals at the edge points are taken (± 1

2

√
2,± 1
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√
2, 0). Dimensions for

this example, that of a homogeneous halfspace, are 2730 x 1330 m, with a spacing of 7
m. No sources on top of the free surface are required (Wapenaar 2004). The retrieved
component Gxx is compared to the directly computed response (red). The two receivers
are located at the free surface, in-line in the x-direction with an interstation distance of
2100 m. The Green’s function, composed of a direct P, and a Rayleigh wave is retrieved
with minor differences. Medium properties are: Vp = 1200 m/s, Vs = 700 m/s, ρ =
1100 kg/m3. The resulting Rayleigh wave phase velocity is 642.7 m/s. Plotted is the
causal part of the retrieved cross-correlation function correlated with the source wavelet.
All sources are uncorrelated and have the same spectrum, near flat between 2-8 Hz. For
computational simplicity, the sources and receivers are interchanged using reciprocity.
Since a staggered FD grid is used there is also a slight discrepancy between the different
positions for displacements and stresses.
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Figure 2.1.2: Retrieval (black) for the layered model in Table 2.1.1, using equation
(2.1.1)(top), versus the result using 3 orthogonal point forces only (bottom). The intersta-
tion distance is 2940 m in this example. Dimensions of the source grid are 5691 x 1606
m, with a spacing of 7 m. Almost all frequencies satisfy the far field approximation, and
the very dense sampling excludes aliasing effects. The approximate equation fails where
the exact equation perfectly retrieves the true Green’s function (red). From the model in
Table 2.1.1, we know that the Green’s function contains 3 overtones arriving at the same
time before the fundamental mode.

Throughout the remainder of the paper we consider retrieval in a halfspace
between two stations located at the free surface. In this case, the complete wave-
field can be described by a superposition of modes (Nolet et al. 1989; Snieder
2002). Since surface waves dominate the Green’s function retrieval, it is most
convenient to express displacements as a sum of surface wave modes. Halliday &
Curtis (2008a) showed that expression (2.1.2) is correct for an isolated mode in
the far-field. We will adopt this mode representation and in the following inves-
tigate displacements calculated using surface wave mode summation (Herrmann
1978).
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Thickness (m) Vp (m/s) Vs (m/s) Density (kg/m3)
layer 1 45 850 500 1350
layer 2 45 1050 650 1450
layer 3 90 1400 850 1450
halfspace - 1850 1050 1950

Table 2.1.1: A 1D layered elastic medium with no attenuation.

2.2 Green’s function retrieval using monopole sources with
a perfect distribution

2.2.1 Single mode Rayleigh waves

Equation (2.1.2) follows from substituting the Rayleigh wave Green’s function
(Aki & Richards 2002) into the exact interferometry equation. The spatial deriva-
tive of the Green’s function can be expressed by a term proportional to the Green’s
function itself. We assume a cylindrical distribution of sources (Figure 2.8.1) and
the layered medium described in Table 2.1.1. The Green’s function can then be
represented as

Gn
im(xA,xB, ω) − G∗n

im(xA,xB, ω)

≈ 2iωU(ω)
∫ ∞

0

∫ 2π

0
ρGn

ip(xA,x, ω)G∗n
mp(xB,x, ω)rdφdz. (2.2.1)

(Appendix (Section 2.8.1), and Halliday & Curtis (2008a)). The frequency depen-
dent scaling in equation (2.1.2) is given by A(ω) = 2U(ω)ρ, where U is the group
velocity of the specific surface wave mode, and ρ the density at the location of the
source (r is the radius of the source cylinder). The approximation made in the
derivation of equation (2.2.1) is that the source-receiver distance is far compared
to the interstation distance. This requirement is met by fixing the interstation dis-
tance to 15 km, and the source radius to 100 km. We choose the pass-band filter
between 0.5 and 9 Hz, satisfying the far field condition for all frequencies. 1800
regularly spaced sources per depth slice were used and integration performed to
the depth where the eigenfunctions become negligible. Displacement seismo-
grams resulting from point forces are computed by mode summation (Herrmann
1978). We confirm that the retrieved and the directly computed fundamental mode
Green’s function are identical (Figure 2.2.1). We also confirm the derivation of
Halliday & Curtis (2008a) that the Green’s function of the complete wavefield can
be found by repeating this process for all individual modes in the corresponding
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wavefield. If for each source the individual mode response and the corresponding
group velocity are known, the individually retrieved modal Green’s functions can
be summed. The result of this operation matches the full displacement waveform
directly calculated using a point force (Figure 2.2.1, bottom).
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Figure 2.2.1: The top panel shows retrieval of the fundamental mode, according to equa-
tion (2.2.1), in black. It correctly matches the directly computed Green’s function (red).
The sum of the retrieved Green’s function for individual modes is shown on the bottom
panel. Again this matches the directly computed Green’s function of the complete wave-
field (red).

2.2.2 Intermodal cross-terms

For real data applications, equation (2.2.1) forms the basis of seismic interferome-
try. By correlating total displacement rather than individual modes one assumes
that any interaction between different modes can be ignored. Also, no A(ω) will
be appropriate for a displacement composed from several modes and amplitude er-
rors should be expected. In practice, with real (noise) data, this scaling is ignored,
with the understanding that amplitude information is incorrect anyway because
of an uneven excitation of noise sources, pre-whitening of the data, 1-bit correla-
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Figure 2.2.2: The Green’s function obtained by applying equation (2.2.1) (ignoring U(ω))
to the full wavefield is shown (black), together with the explicitly computed cross-terms
(red). On the bottom we show the difference between the exact and retrieved Green’s
function (black). It exactly matches the cross-terms (red).

tion etc. Next to the expected amplitude errors, we also noticed phase errors and
spurious arrivals in the retrieved Green’s function using the approximate equa-
tion (Figure 2.1.2). Neglecting the frequency dependent scaling, we can make the
summation of retrieved Green’s functions from isolated modes:

∑
n

(Gn
im(xA,xB, ω) − G∗n

im(xA,xB, ω))

≈ 2iω
∫ ∞

0

∫ 2π

0
(
∑

n

Gn
ip(xA,x, ω)G∗n

mp(xB,x, ω)

+
∑
n

∑
n′ �=n

Gn
ip(xA,x, ω)G∗n′

mp(xB,x, ω))rdφdz. (2.2.2)

The cross-terms are defined by the cross-correlation between modes of different
mode identification number (n �= n′). The total wavefield (left-hand side of equa-
tion (2.2.2)) is obtained by the sum of cross-correlations of the individual modes.
We showed this above (Figure 2.2.1). Hence the cross-terms in the right-hand
side of equation (2.2.2) should sum to zero if we were to retrieve the correct
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Green’s function. Snieder (2004), and Halliday & Curtis (2008a) conclude that
cross-terms can be ignored under certain assumptions.

In Figure 2.2.2 we show retrieval obtained by equation (2.2.1) applied on a
full wavefield, without scaling factor but with a perfect surrounding source sur-
face. The reference Green’s function is calculated from the sum of separately
retrieved modes, also computed without taking into account A(ω) (therefore only
different from the true Green’s function by a small mode dependent amplitude
factor). Some noisy arrivals can be distinguished, implying that the cross-terms
have not completely cancelled. To verify this, we show the difference between the
full wave field correlation and reference Green’s function in the lower panel. It
corresponds exactly to the cross-term interactions, computed (also without scaling
factor) one by one and summed. This demonstrates that equation (2.2.1) leads to
phase and amplitude errors even if the source distribution is perfect.

It seems puzzling to explain this in the light of the analysis of Halliday & Cur-
tis (2008a). Based on an orthogonality argument (their equation (9)), the cross-
terms cancel. This is correct, but it should be noted that this relation holds for
cross-terms of polarization and traction vectors, and hence are for the exact inter-
ferometric equation (2.1.1). The result in Figure 2.1.2 shows that the cross-terms
indeed cancel when equation (2.1.1) is used. Figure 2.2.2 shows that when a full
wavefield is inserted in equation (2.1.2) or (2.2.1), cross-terms do not cancel, an
illustration of the fact that the orthogonality relation in terms of polarization only
(equation (D-7) in Halliday & Curtis (2008a)) is not exact. Halliday & Curtis
(2008a) further showed an example where integration is performed fully around
the two stations, where no stationary phase points exist for the cross-mode cor-
relations. In our example however it appears that a complete integration surface
alone is not enough for the exact cancellation of these terms. As we will show
below, the distance to the sources crucial.

2.2.3 Love waves

Unless we have a special source-receiver geometry, the full wavefield contains
Love waves as well as Rayleigh waves. The approximate interferometric equation
for single mode Love waves can be derived in a similar way to that for Rayleigh
waves. It is less involved since the expression for the Love wave Green’s function
is simpler (Aki & Richards 2002). In the appendix (section 2.8.2), we show that
we obtain again equation (2.2.1), but now U(ω) is the Love wave group velocity
of the specific mode under consideration. There is a complete similarity between
Love and Rayleigh waves, therefore we do not show examples of pure Love wave-
fields. Instead we investigate the possible interaction between Love and Rayleigh
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waves, which could be another source for cross-terms.

Love-Rayleigh interaction in the cross-correlation
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Figure 2.2.3: The cross-correlation gathers showing the contribution in every source di-
rection with a strong source directionality (top panel). The contributions from all depths
have been summed. In the second panel, displacements are composed of both Love and
Rayleigh wave fundamental modes, in the third panel only the Rayleigh wave fundamen-
tal mode is used. In the bottom panel their difference is shown. Only the causal part is
plotted. For clarity only every 10th source position is shown.

We use the same cylindrical source configuration as before to retrieve the
Gxx component of the Green’s tensor, now using a wavefield containing Love
and Rayleigh wave fundamental modes. Since the stations are oriented in the
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Figure 2.2.4: Illustration of spurious Love wave energy in the Gxx component of the
Green’s tensor. The spurious arrivals are caused by incomplete cancellation of Love wave
energy (and Love-Rayleigh cross-terms to a smaller extent.) With a complete source
distribution, the Love contribution and Love-Rayleigh cross-terms cancel (red-dashed).

x-direction, the total Love wave contribution should be zero. The obtained cross-
correlation indeed is exactly the same as the pure Rayleigh wave Green’s function.
Cross-terms resulting from Love-Rayleigh mode interaction appear in the individ-
ual traces. The summation over this isotropic source distribution however leads to
their cancellation.

Next, we consider the case of strong source directionality, or an inhomoge-
neous source distribution. In Figure 2.2.3 we show the contributions from all
sources as a function of angle φ in the integration surface. The source strength as
a function of azimuth is shown (top panel), together with the correlation gathers
(positive time only). The main source contribution arrives off the interstation path,
located at φ = 0 degrees, and a small variability is introduced. The second panel
shows the case where Love and Rayleigh waves are used, the third panel the case
where Love waves are excluded and the bottom panel their difference. This differ-
ence gather corresponds to pure Love wave information, and (the much smaller)
Love-Rayleigh cross-terms. With complete and homogeneous source coverage,
such a gather sums to zero for Gxx (Figure 2.2.4), because of the lack of station-
ary points. With the inhomogeneous source distribution however, Love energy
does not cancel and appears in the Gxx component of the retrieved Green’s func-
tion, as illustrated in Figure 2.2.4. Since Love waves in general travel faster, these
false arrivals will always appear before the fundamental mode Rayleigh wave.
Encouraging is the stability of the retrieved fundamental mode Rayleigh wave.
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2.3 Green’s function retrieval using monopole sources at
the surface only

2.3.1 Single mode Rayleigh waves

Microseisms are thought to originate near coastal areas and close to the earth’s
surface. With sources at the free surface only, the requirement of an enclosing in-
tegration surface is not met. To study the effect of this source distribution, we re-
peat our previous analyses, but include sources at the free surface only. Therefore
they are circularly distributed around the two receivers. Although the integration
surface is incomplete, surface waves travel with the same phase velocity indepen-
dent of the depth of excitation (Aki & Richards 2002). Any error introduced is
therefore in amplitude only. This was already noted by Halliday & Curtis (2008a).
The relative amplitude errors however can be significant. We show one example
in Figure 2.3.1, for a first Rayleigh wave overtone retrieved using equation (2.2.1).
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Figure 2.3.1: Retrieved first overtone, resulting from horizontal sources at the free sur-
face. The retrieved Green’s function (black) shows a mismatch with the directly computed
overtone Green’s function (red). The traces differ by a frequency dependent amplitude
factor.

The correct scaling (2U(ω)ρ) is applied but only horizontal forces are present
at the free surface. It is one of the more extreme examples of a perfectly retrieved
phase, but where the amplitude error could bias the group velocity measurement
(e.g. with time-frequency analysis) of this mode.
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Figure 2.3.2: Same as Figure (2.2.2) but for sources at the free surface only.

2.3.2 Cross-terms overwhelm higher modes

To investigate the importance of the uncancelled cross-terms discussed above,
we consider full wavefield correlations with sources at the free surface source
only. Halliday & Curtis (2008a) show that spurious events due to cross-terms
can then occur, depending on the source distribution at the surface. Retrieval of
the Green’s function is considerably worse (Figure 2.3.2) compared to the case
of perfect source coverage. Firstly, now the amplitude of higher modes in the
seismograms is smaller relative to the fundamental mode. This is because the
fundamental mode is generally better excited by surface sources than overtones.
Missing sources at depth therefore leads to smaller relative amplitudes for over-
tones. Neglecting the scaling factor makes higher modes even weaker because
their group velocity is higher than that of the fundamental mode. Secondly, with
the incomplete source distribution the amplitude of the cross-terms become larger
(Figure 2.3.2). The consequence is that they become large enough to completely
mask the higher modes and the retrieved Green’s function contains cross-terms
of a magnitude comparable to that of the higher modes. We confirm that as in
Halliday & Curtis (2008a) with a homogeneous distribution over the free surface,
or a thick boundary region of sources (e.g. Figure 2.5.1), the cross-terms dimin-
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ish. Also Draganov et al. (2004) find that an irregularly (thick) boundary region
reduces the effect of ghost terms associated with heterogeneities. The question
remains, whether or not cross-terms will vanish if the assumption of a source-
boundary very far away is satisfied, for both the case of the enclosing integration
surface and the case of sources at the surface only. We have seen that cross-terms
are zero when both point forces and deformation-rate tensor sources are used, but
not when point forces alone are used. This means, that the expression regarding
source excitation (implicit in the approximate equation, considering the Rayleigh
wave Green’s function (Aki & Richards 2002)) over the integration surface

∫
ρ(rn

1 rn′
1 − rn

2 rn′
2 )dS, (2.3.1)

(n and n′ representing different modes, r1 and r2 are the horizontal and vertical
Rayleigh eigenfunctions) is in general not zero, neither for an enclosing surface
nor with sources at the surface. We now increase the source radius with respect
to the receiver interstation distance, in the case of sources at the surface (Figure
2.3.3). The total energy of the cross-terms over the time-series remains constant
(bottom-right). However, the cross-term signal shifts away from zero and outside
the time-window of interest, as a result of the differences in group velocity of the
different modes. Thus, cross-terms remain even if the source boundary could be
placed at infinity. However, they pose no problem to the time window of inter-
est. Figure 2.3.3 also explains why cross-terms diminish if a band of sources is
used. While the retrieved Green’s function remains the same for different source-
receiver distances, the cross-terms are different, depending on the different veloc-
ities of the different modes. The total contribution of cross-terms from different
radii around the two receivers sums up incoherently.
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Figure 2.3.3: Cross-terms as we increase the source radius. We plot the first 40 s in
black (time-window of interest). The amplitude is relative to the maximum amplitude
of the Rayleigh wave. The total energy in the selected window (black), and in the total
time series (red) is shown bottom-right. While the cross-terms never disappear, due to
the differences in group velocity between different modes they shift away from the time-
window of interest. In this example, this means when the source radius r > 12 times the
interstation distance D.
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2.4 Green’s function retrieval using sources with azimu-
thal heterogeneity

2.4.1 Phase errors for a non-dispersive Rayleigh wave

Examples of the distribution of noise sources determined by back-projection or
beamforming from real data can be found in Stehly et al. (2006) and Yao et al.
2009 . They clearly indicate very limited source distributions. Gouédard et al.
(2008b) demonstrated the ability to retrieve Green’s function dispersion curves
with directional noise. However, the success of interferometry depends on the
presence of sources in the zone of constructive interference, or stationary phase
region (Roux et al. 2005a; Larose 2005; and Snieder 2004). If sources are absent
in this region, the Green’s function retrieval will fail. Furthermore, if sources have
a predominant azimuthal distribution, the retrieved Green’s function can be biased
(Snieder et al. 2006; Mehta et al. 2008). Efforts have been made to only extract
the Green’s function with sources near the great circle of both receivers (Roux et
al. 2005b), or to correct for the introduced bias (Roux 2009; Yao & van der Hilst
2009).

Figure 2.4.1: The left figure illustrates the coherent zones where sources interfere con-
structively. On the right we show the phase difference compared to the exact Green’s
function, the different colours corresponding to the three indicated interstation distances.
When there are only sources on the source-receiver line (φ = 0), the phase difference is
π/4 as predicted by the theory.
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When sources are only located on the great circle of both receivers (and not
over the entire stationary phase region), the Love and Rayleigh Green’s function
have a phase shift of π/4 (Aki & Richards 2002) compared to the cross-correlation
which measures a time-shift only (Bensen 2007; Tsai 2009). Therefore, an incom-
plete source distribution can cause phase shifts compared to the exact Green’s
function anywhere between 0 and π/4. We place sources on a circle around two
receivers and vary their distribution by gradually increasing the number of sources
from the interstation line. We measure the phase difference of the fundamental
mode Rayleigh wave as a function of angular distribution (Figure 2.4.1). We start
at φ = 0 (only one source), and gradually increase the coverage to φ = ±90
degrees (complete coverage for a one-sided Green’s function) and measure the
phase difference with respect to the true Green’s function. The phase difference is
measured by dφ = ω̄dt, where ω̄ is the average angular frequency, and dt the time
difference as measured by cross-correlation. Coverage remains symmetric around
the stationary phase point, an ideal situation, but very instructive. Snieder (2004)
has shown that only sources at the stationary points contribute to the integral in
equation (2.1.2). These stationary points arise because of constructive interference
and lie within a hyperbola which is defined by the wavelength λ, the interstation
distance D and the assumed maximum phase difference for interference. Larose
(2005) gives an expression for this angle as

Φ ≈ ±
√

λ

3D
(2.4.1)

assuming that waves interfere if their phase differs by less than π/3. We show
three examples of different interstation distances (Figure 2.4.1). These examples
are for a homogeneous medium to visualize the behaviour of a non-dispersive
Rayleigh wave for a relatively small frequency bandwidth. The phase-error de-
creases fast with increasing angle confirming Snieder’s (2004) stationary phase
arguments. It is interesting to note that expression (2.4.1) underestimates the an-
gle of necessary coverage by a factor of 2.

2.4.2 Phase errors for a dispersive wave

To investigate the phase errors discussed in the previous section for dispersive
waves, we consider again a layered medium (Table 2.4.1) and repeat the pro-
cedure described above. We consider frequencies between 0.1-1.0 Hz, take the
interstation distance to be 40 km and place sources at 2000 km distance. For each
frequency, we measure the phase shift from the exact Green’s function. The wave-
length depends on frequency. The source coverage can therefore be sufficient for
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Figure 2.4.2: The phase error as a function of frequency. Top left shows the phase error
resulting from different azimuthal source coverages (in degrees) around the interstation
line. Top right, the ratio of interstation distance over wavelength is plotted. (The limit of
D = 3λ is shown dashed red). Left bottom shows the angular width of the coherent zone
(equation (2.4.1)). The ratio of coverage angle over this angular width is plotted bottom
right.

part of the frequency band, while other frequencies show too large phase errors. It
is thought important to consider again a certain ratio of wavelength to interstation
distance. Bensen et al. (2007) advice as a lower limit to assume an interstation
distance of at least 3λ, whereas the upper limit is constrained by attenuation and
data limitations. The phase errors are plotted for 7 different source coverages
around the interstation line (Figure 2.4.2, top left). The ratio of interstation dis-
tance over wavelength is plotted top-right, and the resulting angle of constructive
interference (equation (2.4.1)) bottom left. The ratio of the source coverage over
the angle of constructive interference is shown bottom-right. We see that in the
frequency range of interest where D/λ > 3, phase errors can be persistent even if
the coverage is larger than the angle of constructive interference. Again we see
(bottom right) that a coverage of 2 times φf is required to prevent large errors.
The significance of these errors are best expressed in terms of the resulting error
in phase velocity, given by dc

c = λ
2πDdφ. For example, an error of one percent



30 Chapter 2

0.1 0.2 0.3 0.4 0.5 0.6 0.7
0

0.5

1

1.5

2

2.5

3

3.5

Frequency (Hz)

10
0*

dc
/c

Resulting error as percentage of c 

 

 

0°
5°
10°
25°
45°
55°
90°

Figure 2.4.3: The resulting error in phase velocity ( dc
c = λ

2πDdφ) as a function of fre-
quency. The different colour lines indicate the width of the source distributions around
the stationary phase point.

in dc/c occurs for a phase error dφ = 0.06π for D/λ = 3. Figure 2.4.3 shows
this relative error for the phase velocity for different angles of azimuthal source
coverage as a function of frequency. We see that with source coverages larger
than 25 degrees around the stationary phase point, the error remains smaller than
1%. We confirm that the interstation distance smaller than 3λ would lead to large
mistakes in phase velocity measurements, even if the coverage is wide.
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Thickness (m) Vp (m/s) Vs (m/s) Density (kg/m3)
layer 1 30 1700 360 700
layer 2 470 1800 700 2000
layer 3 770 2000 1260 2070
layer 4 220 3100 1500 2300
layer 5 830 4500 2760 2550
layer 6 370 4400 2600 2525
layer 7 220 3500 1850 2380
layer 8 1.02 ∗ 104 5500 3080 2600
layer 9 9.4 ∗ 103 6800 3900 2900
layer 10 1.86 ∗ 105 8000 4400 2600
halfspace - 10000 5200 3900

Table 2.4.1: A different 1D layered elastic medium with no attenuation. It shows disper-
sion over a wider frequency range than Table 2.1.1.
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2.5 Convergence towards the exact Green’s function

2.5.1 Convergence with uncorrelated and correlated sources

So far we have considered regularly distributed uncorrelated sources. To investi-
gate retrieval with more realistic noise sources, we simulate a random wavefield.
Sources are ignited randomly in strength, direction and location within a specified
area at the free surface (Figure 2.5.1). The model is the same as for Figures 2.1.2-
2.3.3. We also consider sources overlapping in time which is more appropriate
to simulate seismic noise (van Wijk 2006; Bonnefoy-Claudet et al. 2006b). At
any given time, 20 sources (randomly from a location in Figure 2.5.1) act simul-
taneously. Adding overlapping sources therefore means that we cross-correlate a
longer and longer time-series, instead of summing cross-correlations of responses
from individual sources. Furthermore, we investigate the effect of the 1-bit ap-
proximation on convergence behaviour. The commonly applied 1-bit correlation
is a time-normalization operation to use only the phase of the signal (Larose et al.
2004). Every positive value is set to 1 and every negative value to -1. Therefore
we have four different input signals used as displacement in the applied cross-
correlation:

1. The signal from uncorrelated sources,

2. their 1-bit equivalent.

3. The signal from correlated sources (overlapping in time),

4. their 1-bit equivalent.

Examples of the four types of displacements in the correlations are shown in Fig-
ure 2.5.2. Perhaps the 1-bit uncorrelated case is unrealistic for active experiments,
polluted by noise. Zero-ing out information below a certain amplitude threshold
can overcome this. We progressively add more sources and monitor the converge
to the exact Green’s function.

Convergence is relatively fast in the case of uncorrelated sources; about 1000
sources for a correlation coefficient with respect to the true response of 0.9. The fi-
nal correlation function is much better than that of Figures 2.1.2 and 2.3.2. Having
surface sources organized in a band helps to reduce the cross-terms significantly
(Halliday & Curtis 2008a; Draganov et al. 2004). The 1-bit corresponding re-
sult shows an over-emphasized amplitude of the overtones. The phase, however,
is correct. In the case of overlapping sources, the sources are correlated in time
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Figure 2.5.1: Configuration of source locations (blue), seen from above. All sources are
at the free surface.
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Figure 2.5.2: Typical time series for the compared source and correlation types used. For
uncorrelated sources, displacements from individual sources are correlated and summed
(shown is the response in one receiver due to a single force in a random location and
random direction, top left). The corresponding one-bit seismogram makes no distinction
in amplitude between higher modes and fundamental modes (top right). For correlated
sources, on average 20 sources act simultaneously. Overlapping sources results in a longer
signal in time, comparable to noise time series. No coherent signal is distinguishable.
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only. The result is therefore expected to converge to the same result as the un-
correlated case (Wapenaar & Fokkema 2006), given enough averaging in time.
Convergence is, as expected, much slower (about 106 sources for a correlation co-
efficient of 0.9). The corresponding time required for convergence to the Green’s
function is quantified by Weaver & Lobkis (2005a, 2005b). They define the factor
of merit; the square of the signal to noise ratio. For surface waves this should be
linear with the amount of sources or signal length that is used. We confirm this
linear relationship over the analysed range for the fundamental mode.

2.5.2 Convergence of higher modes
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Figure 2.5.3: Misfit between the exact and retrieved envelope (left) and instantaneous
phase (right) as a function of the amount of sources. For the case of correlated sources,
adding more sources leads proportionally to a longer time series. The values 104, 105, 106

translate to a time series of respectively 0.4, 4 and 40 hours. After 2.25 ∗ 106 sources (90
hours), the phase of higher modes has still not completely converged. (The envelope misfit
of the higher modes remains high because they are relatively overestimated compared to
the fundamental mode in the 1-bit uncorrelated case.)

There is a notable difference in the convergence behaviour of the higher modes
compared to the fundamental mode. For correlated sources, the improvement of
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the match of higher modes sets in much slower than for the fundamental mode.
This seems to be analogous to real data examples, where retrieval of higher modes
is rare. To investigate this, we consider more specific criteria than the correlation
coefficient; the total misfit of the envelope and instantaneous phase. We divide the
seismograms in time windows corresponding to the fundamental mode and higher
modes. We define the envelope and phase misfits as

MA =
∑N

i=1(Ai − Adirect
i )2∑N

i=1(A
direct
i )2

, (2.5.1)

and

Mφ =
∑N

i=1(cos(φi) − cos(φdirect
i ))2∑N

i=1(cos(φ
direct
i ))2

, (2.5.2)

where A(t) and φ(t) are the envelope and instantaneous phase (Bracewell (1965))
of the signal respectively. Together they constitute the analytical signal of the
seismogram, which is constructed from the original signal and its Hilbert trans-
form. The cosine is taken to prevent a bias by possible cycle-skips. The phase
of the fundamental mode converges relatively fast for uncorrelated sources and
somewhat slower for correlated sources (Figure 2.5.3). This means, that a regime
can exist, where the envelope is correctly retrieved, but still errors in phase exist.
It is especially difficult to retrieve the correct phase of overtones using correlated
sources (Figure 2.5.3). However, in controlled source (uncorrelated) experiments,
overtones can be retrieved using interferometric principles. This explains the ob-
servation of overtones in the active source experiments by Halliday et al. (2008b).

If we extrapolate Figure 2.5.3, to retrieve the correct phase of higher modes,
we would need at least a time-series which is 100 times longer than that needed
for the fundamental mode. In general, the envelope of the signal converges faster
than the instantaneous phase, which means that it is more reliable to make group
than phase velocity measurements.

2.5.3 Sources in coherent zones only

With correlated sources (such as ambient seismic noise), convergence is much
slower than with uncorrelated sources (as in an active source experiment). How-
ever observations of P-waves from noise are reported in the literature (Roux et
al. 2005b; Draganov et al. 2007, 2009). In the geometry of Roux (2005b), the
noise sources were only in the stationary phase regions by choosing the station
pairs accordingly. To test if this would improve convergence, we only considered
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Figure 2.5.4: Misfits, for the case where sources are located in the coherent zones only.
(Note the different scale, only up to 105 sources were used.)

sources at the stationary phase regions given by equation (2.4.1). Indeed we find
that convergence is much faster for both the fundamental mode and the overtones
(Figure 2.5.4, compared to Figure 2.5.3). The factor of merit increased roughly
by a factor of 30. We observe again that we need about 100 times more sources,
or 100 times longer time series to achieve convergence for the higher modes. We
speculate that using 100 times longer time series would lead to convergence of
higher modes for real data examples as well.

2.6 Conclusions

In this chapter, we have considered a number of common approximations en-
countered in seismic interferometry and have studied their effects on the retrieved
Green’s functions. In particular, we have found that most of these approximations
can seriously deteriorate the retrieval of the higher mode surface waves. Given that
the full wavefield is described by summation of individual surface wave modes,
these conclusions apply to body wave studies as well. The main sources of error
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in the retrieved Green’s function are (i) intermodal cross-terms, (ii) incomplete
cancellation of overlapping sources, and (iii) incomplete coverage around the sta-
tionary phase region (dc/c in general smaller than 1% for interstation distances
larger than 3λ).

We found that with a complete integration surface, the point force approxi-
mation applied to a full wavefield can still lead to intermodal cross-terms. When
sources are distributed at the surface only, cross-terms can overwhelm the higher
modes. However, the cross-terms pose no problem if sources are distributed in
bands (a thick boundary), or when sources are far away (r/D > 12).

Convergence towards the Green’s function is considerably slower with corre-
lated sources (overlapping in time). Two orders more sources, or 100 times longer
time series, are required before the higher modes start to converge. In our exam-
ples, after introduction of 2.25 ∗ 106 noise sources the phase and envelope have
not yet converged to the true Green’s function, unlike the case of uncorrelated
sources. Convergence is much faster when sources are at the stationary phase re-
gions only, by a factor of 30. It thus appears that for retrieval of higher modes the
directionality of noise can be used to our advantage. Roux et al. (2005b) describe
the retrieval of body waves, where all interstation paths are taken in the preva-
lent noise direction. Most likely, these body waves would not have been observed
under the same conditions if the noise field had been more omnidirectional.
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2.8 Appendix

2.8.1 Single mode Rayleigh wave interferometry
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Figure 2.8.1: view from above (left) and view from the side (right). The normals are zero
in the z direction, except at the bottom layer.

For a homogeneous isotropic medium the elasticity tensor only depends on
the Lamé parameters λ and μ:

cpjkq = λδpjδkq + μ(δpkδjq + δpqδjk) (2.8.1)

In a layered medium, λ and μ are functions of depth (Aki & Richards 2002).
Equation (2.1.1) is valid for the full wave Green’s function (

∑
n Gn), but also

for isolated modes (Gn). We will now consider an isolated mode, and drop n.
Equation (2.1.1) becomes

Gim(xA,xB, ω) − G∗
im(xA,xB, ω)

= −
∮

S
(λδpjδkq + μ(δpkδjq + δpqδjk))nj(∂kG

∗
mq(xB,x, ω)Gip(xA,x, ω)

− ∂kGiq(xA,x, ω)G∗
mp(xB,x, ω))dS. (2.8.2)

The material parameters are at the source location on the integration surface. We
assume a cylindrical surface with radius r (Figure 2.8.1). The angle of the normal
with the x-axis is defined as φ. Equation 7.147 in Aki & Richards gives the far-
field Rayleigh wave Green’s tensor due to a point force excitation in a layered
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(laterally invariant) medium. The partial derivative in the k−direction gives in the
far field

∂kGiq(xA) =⎛
⎝ −ik cos(φ1)Gix(xA) −ik cos(φ1)Giy(xA) −ik cos(φ1)Giz(xA)

−ik sin(φ1)Gix(xA) −ik sin(φ1)Giy(xA) −ik sin(φ1)Giz(xA)
∂r1
∂z |h 1

r1(h)Gix(xA) ∂r1
∂z |h 1

r1(h)Giy(xA) ∂r2
∂z |h 1

r2(h)Giz(xA)

⎞
⎠ .

(2.8.3)

r1 and r2 are the Rayleigh wave eigenfunctions of the mode under consider-
ation, h is the source depth. (The angle towards receiver xA is φ1, and towards
receiver xB is φ2.)

Substituting equation 2.8.3 and its complex conjugate into equation 2.8.2, and
dropping n leads to the interferometry equation in terms of surface waves:

Gim(xA,xB, ω) − G∗
im(xA,xB, ω) =

−
∮

S
nx(λ + μ)ik(cos(φ1) + cos(φ2))Gix(xA)G∗

mx(xB)

+ ny(λ + μ)ik(sin(φ1) + sin(φ2))Giy(xA)G∗
my(xB)

+ nxik(λ sin(φ1) + μ sin(φ2))[Gix(xA)G∗
my(xB) + Giy(xA)G∗

mx(xB)]

+ nyik(λ cos(φ1) + μ cos(φ2))[Giy(xA)G∗
mx(xB) + Gix(xA)G∗

my(xB)]

− nx[λ
∂r2

∂z
|h 1

r2(h)
(Gix(xA)G∗

mz(xB) − Giz(xA)G∗
mx(xB))

+ μ
∂r1

∂z
|h 1

r1(h)
(Giz(xA)G∗

mx(xB) − Gix(xA)G∗
mz(xB))]

− ny[λ
∂r2

∂z
|h 1

r2(h)
(Giy(xA)G∗

mz(xB) − Giz(xA)G∗
my(xB))

+ μ
∂r1

∂z
|h 1

r1(h)
(Giz(xA)G∗

my(xB) − Giy(xA)G∗
mz(xB))]

+ ikμ[nx((cos(φ1) + cos(φ2))(Gix(xA)G∗
mx(xB) + Giy(xA)G∗

my(xB)

+ Giz(xA)G∗
mz(xB)))

+ ny((sin(φ1) + sin(φ2))(Gix(xA)G∗
mx(xB) + Giy(xA)G∗

my(xB))

+ Giz(xA)G∗
mz(xB))]dS (2.8.4)
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Here we left out the nz terms for the sake of brevity, as their total contribution will
sum to zero. Also, from the top and the bottom of the cylinder, the contribution
is zero due to the boundary conditions (free surface and radiation condition). On
the side, the normals are defined as:

nx = − cos(φ), ny = − sin(φ), nz = 0 (2.8.5)

We assume sources far away from A and B, i.e. φ1 ≈ φ2 ≈ φ. Furthermore, the
following relations exist between the different components in the Green’s tensor
(Aki & Richards 2002):

sin(φ)Gix(xA) = cos(φ)Giy(xA)
r2(h)Gix(xA) = i cos(φ)Giz(xA)r1(h)
r2(h)Giy(xA) = i sin(φ)Giz(xA)r1(h)

(2.8.6)

Equation 2.8.4 then simplifies to:

Gim(xA,xB, ω) − G∗
im(xA,xB, ω) ≈

2ik
∫ 2π

0

∫ ∞

0

(
(λ + 2μ + λ

∂r2

∂z
|h 1

kr1(h)
)

(Gix(xA)G∗
mx(xB) + Giy(xA)G∗

my(xB))

+ (μ − μ
∂r1

∂z
|h 1

kr2(h)
)Giz(xA)G∗

mz(xB)
)
rdφdz. (2.8.7)

By using the fundamental (but only meaningful for isolated modes) relation
between surface wave energy integrals (Halliday & Curtis, 2008a) I2 + I3/2k =
cUI1, this can be simplified to

Gim(xA,xB, ω) − G∗
im(xA,xB, ω)

≈ 2iωU(ω)
∫ ∞

0

∫ 2π

0
ρGip(xA)G∗

mp(xB)rdφdz. (2.8.8)

2.8.2 Single mode Love wave interferometry

Following the same procedure for Love waves, the partial derivative of the Green’s
tensor is given by

∂kGiq =

⎛
⎝ −ik cos(φ)Gix −ik cos(φ)Giy 0

−ik sin(φ)Gix −ik sin(φ)Giy 0
∂l1
∂z |h 1

l1(h)Gix
∂l1
∂z |h 1

l1(h)Giy 0

⎞
⎠ , (2.8.9)
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with l1 the Love wave displacement eigenfunction. Substituting this (and its com-
plex conjugate) into equation 2.8.2 and simplification leads to

Gim(xA,xB, ω) − G∗
im(xA,xB, ω)

≈ 2ik
∫ ∞

0

∫ 2π

0
2μ(z)(Gix(xA)G∗

mx(xB)+Giy(xA)G∗
my(xB))rdφdz.

(2.8.10)

For Love waves the z-derivative terms cancel. By using the identity I2 = cI1U
(Aki & Richards, 2002) in equation 2.8.10 we find again

Gim(xA,xB, ω) − G∗
im(xA,xB, ω)

≈ 2iωU(ω)
∫ ∞

0

∫ 2π

0
ρGip(xA)G∗

mp(xB)rdφdz, (2.8.11)

but now with U(ω) as the Love wave group velocity.
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Chapter 3

Improving overtone group
velocity measurements from
noise cross-correlations using
phase-stacks

Abstract We advocate the use of time-frequency phase stacks in noise cross-
correlation studies. The phase-weighted stack enhances the empirical Green’s
functions obtained from cross-correlations of noise data. Applied in the time-
frequency domain it preserves the dispersive properties and reduces the noise in
the obtained Green’s functions, but biases towards the fundamental mode. The
optimal strategy for retrieving higher modes is to use relatively few stacks of cor-
relations from long traces. The group velocity can then be measured from the
phase-weighted stack, or directly on the phase stacks. We advise to compare the
different types of stacks with different scaling, and look for obvious consisten-
cies. The method proves most effective compared to linear stacking for noisy
cross-correlation functions, where an event is weak compared to the fundamental
mode surface wave, but is coherently present in all traces.

3.1 Introduction

Green’s functions obtained by cross-correlating ambient seismic noise have be-
come an important tool for producing high resolution tomography images from the
small scale (Picozzi et al. 2009) to the large scale (Nishida et al. 2009). Despite

43



44 Chapter 3

this success, usually only the fundamental mode surface wave is retrieved. More-
over, the cross-correlations are often noisy and can suffer from spurious events.
(See Wapenaar et al. 2010a-b, Snieder et al. 2009, Gouédard et al. 2008a for
reviews.) Much attention has been focused on optimizing the pre-processing of
data (e.g. Bensen et al. 2007) to increase the signal to noise ratio in the resulting
cross-correlations. In this paper we aim to enhance the signal during the stack-
ing process of cross-correlation functions, with the specific goal of measuring the
group velocity of higher modes.

In noise cross-correlation studies, phase information plays a vital role. To
mitigate biases from seismic events, it has been common practice to apply a tem-
porally variable filter prior to correlation. A favourite method is to only use the
sign of the measured signal (Larose et al. 2004), commonly known as the 1-bit
correlation. Cross-correlating diffuse (equipartitioned) wavefields results in the
correct Green’s function, whether the 1-bit correlation is applied or not. How-
ever, a realistic noise field is far from ideal for Green’s function recovery. It is
strongly directional, and contains unwanted signals (e.g. earthquakes), and inco-
herent (local) noise. The resulting empirical Green’s functions therefore may have
low signal to noise ratios and contain errors in phase and amplitude.

Since the Green’s function emerges from coherent phase information in the
stack of cross-correlations, it is obvious to consider a measure of the phase co-
herence directly in the stacks. The classical phase-weighted stack (Schimmel &
Paulssen 1997) is a non-linear stacking technique that can distort the waveform.
The method should therefore be applied to each frequency separately. This im-
plies that the phase-weighted stack should be performed in the time-frequency
domain. This is also noted by Schimmel & Gallard (2007) who developed such
a technique for noise suppression in array data. Denoising in the time-frequency
domain in noise cross-correlation studies is described by Prieto & Beroza (2008),
and Baig et al. (2009). They describe the application of phase coherency mea-
sures in the time-frequency domain which improve noise cross-correlations. We
follow Schimmel & Gallard (2007) and define the phase coherency based on the
instantaneous phase at each frequency. Phase-weighted stacks are very successful
in reducing the noise-level with respect to the fundamental mode, but this can be
at the expense of weaker higher modes. In this paper, we propose a strategy for
retrieving these higher modes. We find that they are most pronounced by stacking
relatively few correlations of long time-series. We show that both the phase stack
and the phase-weighted stack produce the correct group velocity.
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3.2 Method

3.2.1 Traditional phase-weighted stack (PWS)

The phase-weighted stack (Schimmel & Paulssen 1997) is a nonlinear stacking
technique designed for the purpose of noise reduction. It has been successful in
detecting weak coherent signal in seismograms (e.g. Deuss et al. 2000; Rhie
& Romanowicz 2004). The advantage of PWS is that the coherency function is
explicitly independent of amplitude. To allow phase information to enhance the
signal in the linear stack a separate stack is computed for the phase. The first step
is to compute the analytical signal S′(t) of a signal s(t). In our application, the
cross-correlation function is the signal that needs to be stacked. The analytical
signal is defined by

S′(t) = s(t) + iH(s(t)) = A(t) exp[iφ(t)] (3.2.1)

(Bracewell 1965), where H(s(t)) is the Hilbert transform of s(t), defined by the
convolution 1

πt	s(t). A(t) is the envelope of s(t), and φ(t) its instantaneous phase.
The phase stack is obtained by the absolute value of the sum of instantaneous
phase signals

c(t) =
1
N

|
N∑

j=1

exp[iφj(t)]|, (3.2.2)

where N is the number of traces. It varies in amplitude between 0 and 1 and is a
measure of the coherence between the different traces. The final PWS is obtained
by multiplication with the linear stack:

g(t) = cν(t)
1
N

N∑
k=1

sk(t), (3.2.3)

where ν is an arbitrary exponent defining the strength of weighting. With
ν = 0 the linear stack is retrieved. The degree of distortion of the waveform is de-
termined by the stationarity of the signal and the value of ν. The traditional PWS
is designed to nonlinearly enhance weak coherent signal. However, it doesn’t
necessarily preserve the waveform. Also, a stack is dominated by the most coher-
ent frequencies present in the signal. These properties make the traditional PWS
unsuitable for the stacking of dispersive signals with a large bandwidth.
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3.2.2 Phase-weighted stack in the time-frequency domain (TF-PWS)

To analyze dispersive signals, the PWS should be performed separately for each
frequency. A first step is to make a time-frequency representation of the signal
(e.g. Dziewonski et al. 1969; Stockwell et al. 1996). This directly gives the
analytical signal at each frequency. Similar to PWS, we define the phase-weighted
operator at each frequency f as

c(t, f) =
1
N

|
N∑

j=1

e[i2πf t]e[iφ′
j(t,f)]|, (3.2.4)

where φ′
j(t, f) is the instantaneous phase in the time-frequency domain, for trace

j. The term e[i2πft] keeps the time-frequency stacks analytical (Schimmel & Gal-
lart 2007). After stacking only a few traces, the phase operator c(t, f) does not
show much structure yet. When more traces are taken into account, the coherency
between different traces will produce a phase stack with a distinct pattern between
0 (noise) and 1 (true dispersive signal). If the objective is to obtain Green’s func-
tions, c(t, f) to the power ν is combined with the linear time-frequency stack. The
final trace is obtained by

g(t) = ITFT (cν(t, f))
1
N

N∑
k=1

Sk(t, f), (3.2.5)

where ITFT stands for inverse time-frequency transform, and Sk is the time-
frequency representation of k-th signal sk. This is described in detail by Schimmel
& Gallard (2007). The final trace will be similar to the method described to Baig
et al. (2009). If however, the objective is to measure group velocity, the dispersion
can directly be extracted from the phase operator c(t, f) itself, as we will show
below.

Figure 3.2.1 explains the principle of the phase stack using a non-dispersive
wavelet together with equation 3.2.3. We generated a sine wavelet and added
random noise, with the same frequency content as the wavelet. Stacking 100
such signals, with a signal to noise ratio of 1, yields a phase stack with the same
maximum as the envelope of the original wavelet. The group velocity can thus be
measured directly on the phase stack. On a synthetic example we show that this
idea can be generalized to the time-frequency domain using equation 3.2.5.
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Figure 3.2.1: Simple example showing the convergence of the phase stack. We stack 100
traces of a simple sine wavelet, to which random noise with the same average amplitude
as the signal is added. The phase stack converges towards the envelope of the original
signal.

3.3 Application to synthetic data

To assess its efficiency, we first apply the method to a synthetic model. We are
interested in the Rayleigh wave Green’s function in a simple layered model (4
layers) and consider the vertical components between two receivers at the sur-
face. The displacements resulting from point force excitations are computed with
a 3D-FD code (Moczo et al. 2002, Kristek et al. 2002). Sources are correlated
in time (on average 20 sources act simultaneously) but not in space. They are
placed randomly, isotropically distributed (but at far field distance) at the surface
(Chapter 2, Figure 2.5.1). After stacking a sufficient number of correlation func-
tions convergence will occur towards the Green’s function. Since the sources act
only at the surface, higher modes are underestimated compared to the fundamental
mode, that has maximum sensitivity at the free surface. In the frequency domain,
retrieval is described by

Gim(xA,xB, ω)−G∗
im(xA,xB, ω) ≈ 2iωA(ω) < ui(xA, ω)u∗

m(xB, ω) > .

(3.3.1)

where < . > stands for averaging of the spatial ensemble (Wapenaar & Fokkema
2006), since we correlate displacements (u) that are acting simultaneously in time.
Gim(xA,xB, ω) is the displacement Green’s function in the i-direction at location
xA, due to an impulsive point force in the m-direction at location xB. A(ω) is a
frequency dependent amplitude factor (Halliday & Curtis 2008, Chapter 2) which
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we neglect here. We deconvolve all traces from the source signal. Subsequently
we apply the 1-bit approximation to the resulting noise time-series and cross-
correlate. We consider the causal part of the negative time derivative of the cross-
correlation (equation 3.3.1). The Rayleigh phase velocity varies between 461 and
968 m/s and we consider frequencies between 2-9 Hz. The interstation distance is
2478 m.

We are interested in the regime where convergence has not yet occurred,
and investigate whether or not the phase stacks show improvement over the sim-
ple linear stack. We further make the distinction between stacking many cross-
correlations of short time-series, and stacking less cross-correlation functions from
relatively long time-series. In a linear stack, (provided that the time window
of interest is smaller than the correlation window) this leads to identical results
(Bensen et al. 2007). For the phase stack, different results are to be expected. We
show three examples, using displacements of respectively 14.4 seconds, 0.8 hour
(2160 s) and 4 hours (14400 s). For the short time-series, one individual cross-
correlation function lacks any resemblance to the true Green’s function (Figure
3.3.1, top left). For longer time-series, the fundamental mode raises above the
noise level for a single cross-correlation.

Figure 3.3.1 shows the phase stack c(t, f) after adding cross-correlation func-
tions of a total length of respectively 24 (middle), and 120 (bottom) hours of data.
The different panels (bottom-left to bottom-right) are therefore constructed from
stacks of respectively 30000, 150 and 30 traces. To demonstrate the effect of
weighting, for each case we also show the same phase stack to the power 3.

When stacking cross-correlations of small time segments, the fundamental
mode quickly emerges (showing faster convergence than the linear stack) on the
phase stack. The maximum coherency coincides with the theoretical group ve-
locity curve, but the overtones are not emerging. In contrast, with the same total
length of data, overtone information emerges in the stack of cross-correlations of
4 hour time segments. Since less traces are stacked, the phase stack still con-
tains noise, but the first overtone follows the theoretical dispersion curve, most
clearly visible in the panel weighted by ν = 3. We explain this result by the dom-
inance of the fundamental mode in the noise recording, compared to the higher
mode. A stack of many low-quality correlation functions displays coherency only
in the fundamental mode region. Only the stack of very long traces have higher
modes in the correlation functions coherent enough to appear in the phase stack.
Therefore, in practical applications an optimum should be found in the trade-off
between large signal-to-noise ratio for the most dominant arrival (fundamental
mode), and capability of detection of additional information. In the absence of a
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Figure 3.3.1: Shown are c(t, f) and c(t, f)3 after using respectively 24 hours (middle) and
120 hours (bottom) of data, for three different cases: using 14.4 seconds of displacement
(left), 0.8 hours (middle), and 4 hours (right). Dark red indicates 1 and dark blue zero, in
these and later figures. The yellow lines indicate the theoretical group velocities for the
model used. A single correlation function used in the different stacks is shown above the
time-frequency plots.

’ground-truth’ dispersion curve to validate the measured phase-stack, consistency
between the different operators (phase-stack, PWS, long and short traces) should
be a first requirement. We repeated the analysis but included random noise in the
cross-correlation functions with the same amplitude and frequency content as the
background noise level, producing a very similar phase stack as the one shown in
this example. This demonstrates the robustness of the coherency function c(t, f).

The main advantage of considering only phase stacks for group velocity mea-
surements becomes clear in Figure 3.3.2. We consider again the stack of 30 cross-
correlations of 4 hourly time segments. We show the time-frequency representa-
tion of the linear stack, the phase stack (weighted by ν = 3), and their multipli-
cation (which is similar to what would be obtained using the technique of Baig et
al. (2009)). The true response (the direct response after deconvolution with the
source signal) is shown in the last panel (bottom right). While signal near the first
higher mode is present in the linear stack, a reliable group velocity measurement
cannot be made. The phase-weighted stack only shows the fundamental mode.
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Only the phase stack itself shows the first overtone clear enough for a group ve-
locity measurement to be made. We can artificially lift the weaker events in the
phase-weighted stack, by choosing an additional weighting of 0.25 (middle right).
While this indeed boosts the higher mode, the signal to noise ratio is considerably
worse compared to the phase stack itself.
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Figure 3.3.2: The time-frequency plots for the final stack, compared to the direct response
(right top). We can lift up the phase-weighted stack by altering the final scaling (middle
right). However, the phase-stack itself still shows the best signal to noise ratio for the
overtone region. Again, dark red indicates a value of 1 and dark blue is zero.
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3.4 Application to real data

3.4.1 Annerveen Data

We deployed broadband seismometers in the northern part of the Netherlands
(NARS-Annerveen array), and recorded 8 months of data between 2007 and 2008.
Similar to the synthetic example, we compare different phase stacks correspond-
ing to a different number of correlation functions used. The total length of pro-
cessed record is again the same in all examples (229 days).

Standard pre-processing techniques are applied. First the data are corrected
for mean, trend and instrument-response. Then, the traces are downsampled,
frequency-equalized and band-pass filtered with a 4-point zero-phase Butterworth
filter. Large events, meaning the amplitude exceeds a specific threshold, are ex-
cluded. After this a 1-bit cross-correlation is applied. We first show the denoising
property of the TF-PWS for data from the Annerveen array, in Figure 3.4.1. Dis-
placement traces of 12 hours were used, and we considered the frequency range
between [0.05 - 1] Hz. On the left the linear stack, and on the right the TF-PWS
(ν = 2.25) is shown. Improvement is mostly in denoising the low frequency
long-distance arrivals, but also the slow travelling high frequency waves can be
distinguished better. Analogue to our synthetic example of group velocity mea-
surements, we show an example for one path in Figure 3.4.2. The interstation
distance is 45.5 km, and we consider the frequency range [0.05 - 0.35] Hz. The
pre-processing steps (frequency equalization, 1-bit normalization) are performed
separately for different displacement lengths. We show the causal part of the phase
stack of the cross-correlation function, for which the orientation of the interstation
path is inline (W-E) with the predominant noise direction. We see that the best
signal-to-noise ratio is for the stack of 10000 traces, but only the fundamental
mode Rayleigh wave is visible. Some frequency bands are less coherently re-
trieved than others, even though frequency-equalization was applied to the signals
prior to correlation. The stack from long traces provides more information but is
noisier. The 3rd (300) and 4rd (1000 traces) panel give phase stacks on which
the dispersion can be traced with better accuracy than the linear stack. We inter-
preted the fast arrival between 0.15-0.25 Hz to be an overtone. Since spurious
(‘ghost’) events (e.g. cross-terms, source-source correlations (Chapter 2), off-
stationary phase body waves, locally scattered waves, coherent noise) are known
to be present in the cross-correlation functions, additional information is required
for this interpretation. We validated this by beamforming and the inversion of the
average phase velocity dispersion to a 1D shear wave profile in the region (Chapter
4). Also, the resulting group velocity maps display comparable large scale struc-
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Figure 3.4.1: 105 Green’s functions as a function of interstation distance. On the left, the
linear stack, and on the right the TF-PWS, with ν = 2.25.

ture as the fundamental mode group velocity (Chapter 5). Because of the small
scale of the Annerveen array, the dispersion of the higher mode is relatively close
to the fundamental and difficult to isolate at low (0.15 Hz) frequencies. For this
reason we also investigated longer interstation paths from the NARS-NE array.
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Figure 3.4.2: Phase stack of the causal part of the cross-correlation function for differ-
ent displacement lengths. Top left, the time-frequency representation of the linear stack
is shown (the same for all cases). The other panels show the phase stacks, weighted by
power ν = 3, for stacks of respectively 100, 300, 1000 and 10000 traces. This corre-
sponds to correlations of displacements with lengths of 55, 18.2, 5.5, and 0.5 hours. The
red and green lines represent the (respectively the first overtone and fundamental mode)
group velocities belonging to the best fitting models, based on an inversion of the average
phase velocity in the entire array (Chapter 4).
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3.4.2 NARS-NE data

A larger-scale array has been installed in the Netherlands (2008-present), with
the goal of ambient noise tomography of the Netherlands. With larger interstation
distance and less local (urban) noise, the cross-correlation functions contain larger
signal-to-noise ratio, and better isolated mode arrivals compared to the Annerveen
array. We show examples of two interstation paths, taken again in the dominant
noise direction (This is established in Chapter 4). The interstation paths are ap-
proximately 100-150 km away from the Annerveen array. We follow the same
pre-processing scheme, and the two interstation paths in Figures 3.4.3 and 3.4.4
are the result of respectively 43 and 79 days of data.
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Figure 3.4.3: Interstation path NE001-NE011. The back azimuth is 302 degrees and in-
terstation distance 86.6 km. The red and green curves again represent the first higher
mode and fundamental mode group velocity curves based on the average model beneath
the Annerveen array. The match is reasonable for the low frequency (< 0.15 Hz) fun-
damental mode, but dispersion is not continuous enough to be reliably traced up to the
higher frequencies.

The phase stacks in Figures 3.4.3 and 3.4.4 show again that most informa-
tion is contained in the stacks of relative few cross-correlations of long traces.
Unfortunately, dispersion is not continuous over the entire frequency range mak-
ing the diagrams difficult to interpret. The low frequency (< 0.15 Hz) segments
are, however, close to the prediction based on the average model from the An-
nerveen data. In the stack of 2000 traces, this segment is the most coherent in all
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Figure 3.4.4: Interstation path NE006-NE008. The back azimuth is 289 degrees and
interstation distance 126.7 km. The red and green curves again represent first higher
mode and fundamental mode group velocity curves based on the average model beneath
the Annerveen array. The diagrams are similar to Figure 3.4.3, showing a discontinuous
pattern difficult to interpret, where the phase stack doesn’t provide significantly more
information than the linear stack. The fast arrival at 0.2 Hz, 45 s is however close to the
theoretical prediction of the higher mode and is consistently visible in all figures.
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cross-correlation functions. Also, again we see a consistent fast arrival at around
0.2 Hz, that seems close to the theoretical prediction of the higher mode, based
on a model obtained by the Annerveen data. However, for both examples there
is no significant improvement in the phase stack compared to the linear stack.
Since our goal is to assess weak events compared to the fundamental mode, we
advise to experiment with different stacks, and different values of ν to demon-
strate consistency. The phase-stacks are not always superior to either the PWS or
linear stack, but easy to use and should be considered as additional tool. In the
latest examples, the overall better quality of the noise cross-correlation functions
compared to the Annerveen data-set is obvious. The higher mode is already dom-
inant in the linear stacks. Therefore, the largest improvement of the phase stack
can be expected for noisy cross-correlation functions, for example in the higher
frequency regimes compared to traditional microseism bandwidths. As demon-
strated by our synthetic example, the stack will contain clearly separated events
in the time-frequency domain when the arrival of interest is weak (compared to
fundamental mode energy) but coherently present in all traces.
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3.5 Discussion and conclusions

Mainly phase-information is used in Green’s function retrieval, therefore spectral
whitening and 1-bit correlations are routinely applied pre-processing techniques.
Even in the ideal case of perfect illumination of noise sources, retrieved cross-
correlation functions are off from the Green’s function by a frequency dependent
amplitude factor. The TF-PWS is an additional processing step of the retrieved
cross-correlation functions, which considers the coherency in phase between dif-
ferent correlation functions. The TF-PWS reduces the noise-level while main-
taining the dispersive properties of the true Green’s function. Especially stacking
many cross-correlations of short signals produces clean denoised Green’s func-
tions. The TF-PWS leads to similar results as presented by Baig et al. (2009). The
main difference of our approach is the simplicity in implementation and possibil-
ity to consider phase stacks separately, while Baig et al. (2009) focus on optimiz-
ing the sparseness of data representation for efficient performance. The TF-PWS
is useful if the objective is to interpret the Green’s functions directly, and advised
if one is interested in performing phase velocity measurements. However, because
of the large coherency of the fundamental mode compared to higher modes, phase-
weighted stacks are biased towards the fundamental mode. If instead the phase
stack itself is considered, smaller arrivals such as higher modes can be more pro-
nounced. Crucial for both the reliability of the group velocity measurements and
the chances of retrieval of higher modes, is the quality of the cross-correlation
functions to be stacked, which critically depends on the chosen record length.
While a stack of many cross-correlations of short traces produce clear denoised
Green’s functions, more information of weak events remains in stacks of fewer
cross-correlations of very long traces. Experimenting with the scaling can prove
insightful in determining the consistency between different stacks. This is true
for both parameter ν and the additional scaling after multiplication with the linear
stack, where the latter is likely to harm the signal to noise ratio. Besides over-
tones, spurious events and remaining noise should still be expected. Therefore,
care should be taken not to over-interpret the phase stacks. We advise to examine
different time-segments, and to compare the phase stack and PWS together with
the linear stack. To conclusively distinguish weak arrivals from spurious events,
additional information will in general still be required. We speculate that further
improvement could be obtained if the cross-correlation itself would be enhanced
using a time-frequency phase-weighted correlation, instead of a phase-weighted
correlation (Schimmel 1999), which is in concept very similar to the already com-
mon 1-bit cross-correlation of (whitened) signals.
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Chapter 4

Characteristics of seismic noise
and the velocity structure
beneath Annerveen, The
Netherlands

Abstract We study noise recorded in the northern part of the Netherlands by
beamforming and using the characteristics of Green’s functions obtained by seis-
mic interferometry. There is a difference in prevalent noise direction in differ-
ent frequency bands. The locations of the main noise generating sources do not
change significantly over time. The primary microseisms (0.05-0.08 Hz) have a
clear W-NW directionality, while the secondary microseisms (0.1-0.14 Hz) have
a W-SW back azimuth. Furthermore, we observe a higher mode (0.15-0.2 Hz),
also in the secondary microseism band, but in a W-NW direction. Both arrivals in
the secondary microseism band gain in strength during winter, as does the average
wave height in the North-Atlantic. We also extract inter-station Green’s functions
from cross-correlations of seismic noise. We can recover Green’s functions up to 1
Hz, where the velocity of the fundamental mode is only 550 m/s. From the cross-
correlation results and the wavenumber frequency spectra, we extract dispersion
curves. As the shallow subsurface beneath the region of study is characterized by
soft sediments, a very steep velocity drop occurs in the dispersion profile. From
the average phase velocity curves a 1-D shear wave speed model is constructed.
The model clearly requires transverse isotropy and provides evidence that part of
the noise consists of the first surface wave overtone.

59
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4.1 Introduction

Array studies of the microseismic noise wavefield have gained increasing atten-
tion in recent years. This is partly due to the fact that land-based measurements
allow for monitoring ocean waves in areas where no data from buoys are available
(Bromirski et al. 1999). On the other hand, new processing techniques allow us
to extract surface waves from ambient seismic noise. By cross-correlating sig-
nals measured at two locations, one can retrieve (at least part of) the Green’s
function between the two stations, describing the inter-station propagation char-
acteristics. Many useful applications have been proposed since the first demon-
strations of this principle in seismology (Wapenaar et al. 2010a-b; Snieder et
al. 2009; Gouédard et al. 2008a). Tomography using surface waves extracted
by noise cross-correlations has thus become a valuable tool for the determination
of high-resolution crustal structure. An important assumption in Green’s func-
tion retrieval is that of an isotropic incoming noise field, which is generally not
valid. A good understanding of the noise characteristics and distribution is there-
fore necessary for ambient noise tomography. Ambient noise mainly consists
of fundamental mode energy (Bonnefoy et al. 2006) and often only the funda-
mental mode surface wave is retrieved. However, examples of body waves are
reported (Roux et al. 2005b; Gerstoft et al. 2008; Draganov 2007, 2009). Brooks
et al. (2009) identified higher mode Rayleigh waves in ambient noise, verified
with dispersion curves for typical Earth profiles. Microseisms are the continu-
ously excited background oscillations present in seismogram recordings with a
main peak in spectral amplitude between 0.05 and 0.3 Hz. A distinction is of-
ten made between the primary (0.05-0.08 Hz) and the, often stronger, secondary
microseisms (0.1-0.2 Hz). Primary microseisms have frequencies similar to the
dominant ocean waves, while the secondary microseisms have a dominant fre-
quency twice as high. Both are related to ocean and atmospheric disturbances, but
can have different origins because of differences in source mechanism. Longuet-
Higgins (1950) showed that non-linear ocean wave interaction can cause pressure
oscillations at twice the frequency of the ocean waves, therefore likely to be the
cause of secondary microseisms. A requirement for this interaction is that ocean
waves travel in (nearly) opposite directions, for example due to coastal reflection
of ocean waves (Haubrich & McCamy 1969). Kedar et al. (2008) combined wave
interaction information with bathymetry information to model the most likely gen-
eration areas for secondary microseisms. In general, while the secondary micro-
seisms seem to be generated by both coastal and deep ocean sources (Haubrich
et al. 1963; Tanimoto et al. 2006; Bromirsky & Dunnebier 2002; Chevrot et al.
2007), most studies indicate a shallow origin for the primary microseisms (Has-
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selman 1963; Cessaro 1994; Gerstoft & Tanimoto 2007). Stehly et al. (2007)
however, found primary microseisms generated in mid-ocean, by backprojection
of cross-correlation functions.

Previous studies demonstrated that the power of microseisms and the back
azimuth is correlated to ocean-wave heights (e.g. Chevrot et al. 2007; Essen et
al. 2003), and even to individual storms (Bromirski 2001) or hurricanes (Gerstoft
et al. 2006). The long term average of microseism directionality may therefore
be related to the average of the dominant storm regions. However, less dominant
source regions, more constant in time, could contribute to the measured signal.
This is of importance for noise cross-correlation studies that assume a homoge-
neous source distribution. Strongly directional noise does not necessarily have an
adverse effect on extracted Green’s functions. A small phase error (up to π/4) can
occur if coverage is very narrow, and inter-station paths less than 3 wavelengths
are used (Chapter 2). However, if the noise is directional then higher modes are
more likely to be retrieved, as long as the inter-station paths are approximately
in line with the dominant source direction (Chapter 2). Even inter-station paths
slightly off the dominant source direction can produce remarkably stable Green’s
functions (Chapter 2, Figures 2.2.3 and 2.2.4; Figure 10 in Pedersen 2007). The
amplitude of the retrieved Green’s function is generally not correct, because of
the neglect of a frequency dependent amplitude factor (Halliday & Curtis 2008,
Chapter 2), signal processing, and uneven excitation mechanisms. Interstation
paths in directions of a weak source region can still produce successful retrieval
when measured over a long enough time, as long as some coherent energy consis-
tently emanates from the stationary phase regions.

We study the noise properties in the range 0.05-1 Hz recorded with an array
in the north-eastern part of the Netherlands, with the aim to evaluate the suitabil-
ity for empirical Green’s function extraction. The North-Atlantic ocean is well
known for its capacity to generate microseisms (Essen et al. 2003; Kedar et al.
2008), especially during winter times (Stehly et al. 2006). Schmalfeldt (1978)
located primary microseisms acting near the German coast, while the secondary
microseisms originated near the Norwegian coast. This area was also found to be
a strong generator for microseisms by Friedrich et al. (1998), Essen et al. (1999),
(2003) and others. Darbyshire (1991) furthermore described secondary micro-
seism sources in the North Channel and the Bristol channel with arrays located
in Wales. We use a combination of beamforming and the cross-correlation tech-
nique with two main goals: 1) the determination of the nature of the measured
microseisms and its influence on the retrieved Green’s functions and 2) to obtain
the 1-D shear wave speed structure beneath the studied area. The inversion for the
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Figure 4.1.1: Typical power spectral density of a 12 hour trace, for one station.

1D structure feeds back constraints on the measured noise field.

4.1.1 Data pre-processing

The data are pre-processed in 12 hour segments. These are corrected for trend
and mean, after which the instrument response is removed, and a 4-point zero-
phase band-pass Butterworth filter is applied (corner frequencies 0.025 and 4 Hz).
The data are subsequently downsampled and frequency-equalised by inversely
weighting the complex signal with a smoothed version of the amplitude spectrum.
The horizontal components are rotated to the transverse and radial component of
each station-pair. Figure 4.1.1 shows the power spectral density (PSD) for the
particle displacement of the raw data for three, one-hour segments during a day
in December. The noise levels are generally very high in this area, especially at
higher frequencies.

4.2 Beamforming

To interpret the retrieved Green’s functions, it is essential to have a good under-
standing of the source directionality (Koper et al. 2009; Marzorati & Bindi 2008).
To analyse the incoming noise field, we form frequency-wavenumber power es-
timates using a beamforming approach (e.g. Lacoss et al. 1969; Tanimoto &
Prindle 1997; Gerstoft & Tanimoto 2007). Beamforming decomposes the wave-
field illuminating the array into plane waves characterized by back azimuth and
slowness. The method consists of two steps: 1) the estimation of inter-station
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(cross) power-spectral densities and 2) forming beams with steering vectors de-
pendent on the slowness and back azimuth.

To characterize the noise wavefield in as wide a frequency band as possi-
ble, we first investigate the array response for several frequencies. The array re-
sponse is the beamforming output (slowness, radius) to a theoretical incoming
plane wave. To display the effect of the array configuration, often zero slowness
0 (vertically incident plane wave) is assumed. However, since the noise mainly
consists of surface waves, we calculate the response for a horizontally travelling
plane wave with 45 degrees back azimuth. We take dispersion into account and
use different velocities for different frequencies (Figure 4.2.1). Based on these
responses we estimate that measurements from the Annerveen array are reliable
in the frequency band between [0.05-0.3] Hz. Slownesses and azimuths retrieved
for frequencies lower than 0.05 Hz suffer from low resolution, while at higher
frequencies the response suffers from spatial aliasing.

In the process of Green’s function retrieval, the source distribution is aver-
aged over long periods of time. Hence, we investigate long-time averages of the
directionality. As an example, Figure 4.2.2 shows the beamforming output as a
function of slowness for three different frequencies during the month of January.
In this figure, the data were averaged over all earthquake-free days. The respec-
tive frequencies correspond approximately to the primary microseism (0.07 Hz),
the first peak in the secondary microseism band (0.12 Hz) and the second peak
in the secondary microseism band (0.16 Hz). We note that the primary micro-
seism signal (left) has a maximum in the western direction, but is present over the
complete range of [225-10] degrees. The secondary microseism signal (middle)
displays more limited directionality. The origin is W-SW, travelling at around
2.5 km/s. At 0.16 Hz, we again note a shift in directionality. A clear maximum
can be seen travelling with nearly 4 km/s, with a back azimuth of 290 degrees.
This clear distinction between 0.12 Hz and 0.16 Hz is better visualised if we plot
the beamforming output as a function of frequency. In Figure 4.2.3 we show the
beamforming output (dB) as a function of frequency, for each of the available 9
months. The figure represents a summation of all velocities from the range 2.0-5.0
km/s. Distinct variations of directionality with frequency are apparent.

Figure 4.2.4 shows the dominant source directions for December 2007. The
solid lines indicate the directions associated with the maximum average power for
the primary (PRM) and two secondary microseismic sources (SEC1 and SEC2).
The shaded areas denote the directions for which the amplitudes are within 20%
of the maximum. While the array has the closest proximity to the coast to the
north, the primary microseism back azimuth is dominated by a W/NW direction-
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Figure 4.2.1: The theoretical array response as a result of a plane wave coming in at
45 degrees, for different speeds. The figures show the estimation of slowness. An ideal
array would produce a delta function at 45 degrees at the relevant slowness. The response
surrounding the maximum shows the pattern of spatial aliasing if too high frequencies are
used.
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Figure 4.2.2: Beamforming output for the month of January. On the radial axis is slow-
ness, plot for 0.07 (left), 0.12 (middle) and 0.16 (right) Hz. The colour-code represents
energy in dB. The first secondary microseisms (middle panel) have a more W/SW back
azimuth compared to the primary microseism (left). At 0.16 Hz, still in the secondary
microseism bandwidth, a fast (3.5-4 km/s) arrival can be distinguished with a W/NW
directionality.

ality. Excitation is however in a broad range between 270-360 degrees. Stehly
et al. (2006) report a similar W/NW directionality (from cross-correlation ampli-
tudes) from an array covering Western Europe. Under the notion that the primary
microseism often have a shallow origin, we consider the Dutch North Sea coast
as the most likely candidate for primary microseism generation, although a more
distant source (e.g. near the British, or Irish coast) cannot be ruled out completely.
More detailed hindcast data in combination with multiple arrays should be used
to constrain the source regions with more confidence.

In Figure 4.2.5 we show the average wave height for the same months corre-
sponding to Figure 4.2.3 (Swail et al. 2006). Both the average pattern and the
strength with time seem to correspond roughly to the secondary microseisms. Es-
sen et al. (1999, 2003) find a predominant source region off the coast of Norway
for the secondary microseisms recorded in Germany. We observe however a more
W-directionality for secondary microseisms travelling through our array. Storms
near the British and Irish coast (Figure 4.2.5) are possible sources for secondary
microseism, with the likely mechanism to be opposing waves, which generally
cause 1) a higher amplitude peak and 2) a peak close to twice the primary fre-
quency (which is mostly true for SEC1). Note that the maximum of the wave
height corresponds to the continental shelf margin. The transition from deep wa-
ter to a narrow continental margin was suggested to be the explanation for the
occurrence of higher modes in the study of Brooks et al. (2009).

Kedar et al. (2008) describe the main microseism sources that could occur
resulting from nonlinear ocean-wave interaction in the Atlantic ocean. They de-
scribe a large maximum of (secondary) microseism originating south of Green-
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Figure 4.2.3: The beamforming output as a function of frequency, for 9 different months
(left top is September 2007, bottom right May 2008). The radial axis represents frequency
from 0.05 to 0.3 Hz. Again 3 peaks can be recognized corresponding to the primary and
secondary microseisms, the latter decomposed of two distinct peaks. The primary micro-
seisms stays roughly constant. The relative strength of the secondary microseisms seems
to build up during winter. The figure is compiled from stacks of earthquake-free days for
each month, and all slownesses between 0.2 en 0.5 s/km. The months of September and
May are represented by 6 days only.
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Figure 4.2.4: Backprojection of the main source generators, as determined from beam-
forming. The shaded area corresponds to the directions representing the maximum am-
plitude in Figure 4.2.3, with a cut-off 20 % below this value. The primary microseism
has a western maximum, but as visible in Figure 4.2.3, energy comes from the entire NW
quadrant.

land. The back azimuth to this area from our array is 290-300 degrees, corre-
sponding with the third peak (SEC2) in Figure 4.2.3. However, the relative high
frequency content of this arrival, suggests it is generated by a mechanism in which
the natural spread of wave energy generates interactions between the spectral com-
ponents of a single active sea (hence, no opposing waves are necessary for this
interaction (Kibblewhite & Ewans 1985)). Interestingly, the more dominant peak
in the secondary microseism range has a back azimuth more W-SW (especially
in the month of March). Possibly this could be due to the English channel, a ge-
ometry that lends itself well for the necessary interference of oppositely travelling
ocean waves, described by Friedrich et al. (1998).



68 Chapter 4

Figure 4.2.5: The average wave-height in the North-Atlantic per month, over then record-
ing period. Many other factors, (bathymetry for example) play a role in the generation of
microseisms (Kedar et al. 2008), but the main pattern of directionality is correlated with
the secondary microseisms. Also, both the amplitude of the microseisms and the average
waveheight increase in winter time.
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4.3 Green’s functions

4.3.1 Processing procedure

To obtain empirical Green’s functions, the pre-processed data are 1-bit cross-
correlated in short time segments (156 s) with overlapping windows (of 62.5 s). If
the mean amplitude of the short time segment is larger than a specific threshold (6
times the average absolute amplitude), the segment is rejected. This is done (addi-
tionally to taking the 1-bit correlation) to prevent bias from local noise, teleseismic
events, and induced microseismicity that is commonly present in the region due
to hydrocarbon exploration (van Eck et al. 2006). The negative time-derivative
of the cross-correlation between the particle displacement traces is again taken
according to

Gim(xA,xB, ω)−G∗
im(xA,xB, ω) ≈ iω < ui(xA, ω)u∗

m(xB, ω) > . (4.3.1)

We treat the causal and anticausal part of the cross-correlation functions separately
(they are not averaged). The resulting 478 half-days are stacked with a TF-phase-
weighted stack (Chapter 3) of strength ν = 3. A phase-error between zero and
π/4 can occur, depending on whether or not the prevalent sources act completely
surrounding the station-pair (Bensen 2007). In general, the average inter-station
distance D should be larger than roughly 3 wavelengths. Roughly a coverage
of +/- 25 degrees is then sufficient for the resulting errors in phase velocity to
be smaller than 1% (Chapter 2). To prevent such errors (and consider the far
field Green’s functions), we filter out in the time-frequency domain all velocities
arriving before time t = 2.5 U/f . Assuming that the π/4 term belonging to
the Green’s function has been retrieved correctly, we apply this phase shift to the
seismograms to maintain only the phase difference between two stations due to
propagation. The retrieved empirical Green’s functions are plotted as a function
of distance in Figures 4.3.1.

The surface waves travelling across the array appear to be remarkably slow.
Our region of interest is characterized by soft sediments in the uppermost kilo-
metres (TNO-NITG 2004). For surface waves this leads to a large velocity drop
between low frequency waves sensitive to the crust (and below) and frequencies
sensitive to the first few hundreds of meters depth. Estimating the average struc-
tural characteristics below the array in terms of surface wave modes can give
insight in determining the modal composition of the noise wavefield. The vertical
component shows a low frequency dispersive arrival, and at higher frequencies
(> 0.5 Hz) a dominant phase of approximately 550-600 m/s can be traced across
the array. Also an even slower (very weak) arrival appears across the shortest
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Figure 4.3.1: The retrieved Green’s functions (vertical (left), and transverse (right) com-
ponent). Shown is the causal part retrieved +/-90 degrees around the main noise direction
(290 degrees).

inter-station distances, with an apparent speed of 320-350 m/s. Retrieval of Love
waves (Figure 4.3.1 right) is less clear at lower frequencies. At the higher fre-
quency range (> 0.5 Hz), again slow arrivals (as slow as 320 m/s) can be distin-
guished.

4.3.2 Directionality from Green’s functions

The signal-to-noise ratio of the Green’s functions obtained with cross-correlations
can also be used as a diagnostic tool for source directionality (Stehly et al. 2006;
Yao et al. 2009). The concept of this analysis is to define the signal to noise ratio
as the maximum amplitude of the cross-correlation function divided by the mean
absolute value of a quiet time period at the end of the seismogram (100-125 s
in our case). Comparing the SNR for each direction, defined by the direction of
the considered path, gives an estimate of relative strength in coherent energy as a
function of azimuth. Considering the similarities in processing with beamforming
(both processing methods are based on the estimation of cross-power spectral den-
sities) this should provide similar results. However, because for this analysis we
do not decompose the Green’s functions into plane waves across the entire array,
the directionality may be retrieved up to higher frequencies than the spatial alias-
ing limit from beamforming. Hence the SNR diagnostic may provide additional
information, especially at those higher frequencies. We consider (for this analysis
only) linear stacks of the cross-correlation functions of the Annerveen data, since
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they are less biased in amplitude compared to the TF-PWS.
The SNR is computed for each station pair, and for 5 different frequency

bands. For this the amplitude is first corrected for geometrical spreading by mul-
tiplying the amplitude with the square root of the inter-station-distance (Stehly et
al. 2006) The result is shown in Figure 4.3.2 as a function of azimuth. To give
an average over the distribution around the available azimuthal directions, we dis-
play the SNR summed over 21 degree bins, averaged over a moving window of 7
degrees. Each time we divide over the number of paths present in the moving win-
dow of 7 degrees. The SNR distribution is normalised by its maximum. A clear
maximum indicates strongly directional noise. A more even distribution suggests
isotropic illumination, but can also indicate that the retrieved Green’s functions
are noisy. This behaviour has previously also been observed by Yao et al. 2009,
for example. In general the directionality corresponds to the beamforming results.
The higher frequency noise content (> 0.5 Hz) has more a NNW origin compared
to the main microseism frequency band (W-NW), suggesting the excitation is at
the nearby coastal region.
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4.4 Phase velocity estimation

4.4.1 Phase velocity from Green’s functions

To further analyze our empirical Green’s functions we measure the average phase
and velocity as a function of frequency. We measure the average phase velocity
as a global parameter, i.e. a measurement is performed over the complete gather
of retrieved inter-station Green’s functions. Figure 4.3.1 can be regarded as two
shotgathers (with a source at the origin) on which f/k processing can be applied.
We therefore make the approximation of a plane wave travelling in a 1-D layered
medium. Since this is an array technique, we are again limited in frequency by
inter-station spacing and total size of the array. This implies, that a phase velocity
estimate is reliable up to approximately 0.3-0.4 Hz before aliasing occurs.
First the Green’s functions are (zero-phase) band-pass filtered between 0.05 and
0.4 Hz, and a cosine taper is applied to select the time-window between velocities
(c) travelling with an upper and lower limit (here 1.2 and 4.5 km/s). The resulting
gathers are shown in Figures 4.4.1 and 4.4.2 (left). We include the inter-station
paths that are in the main noise direction, 290 +/-90 degrees. First, the data are
Fourier-transformed. Then, the dispersion curve is estimated by adding a time-
shift (for each frequency f and velocity c) to each trace and summing over all
traces n.

C(f, c) =
N∑

n=1

1
a(f)

d(f,xn)q(xn, f, c), (4.4.1)

where a(f) is a weighting factor and

qn(f, c) = exp
(

i2πfxn

c

)
. (4.4.2)

This is similar to beamforming. The difference is that in this case, the illuminating
wavefield is already assumed to be isotropic, while in the beamforming, the actual
(apparent) velocity is obtained for any direction.

In Figure 4.4.1 we show the obtained dispersion curves for the vertical compo-
nent. The black curve shows the maximum value. We experimented with exclud-
ing paths with different orientations with respect to the main source directionality
but this yielded relative minor deviations from the result shown in Figure 4.4.1. In
Figure 4.4.2 we show the obtained dispersion curves for Love waves. The Love
wave Green’s functions are of less quality than the Rayleigh waves. However, the
phase velocity estimation indicates a traceable higher mode. The velocity of a
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Figure 4.4.2: The same as Figure 4.4.1, but for the transverse component. We distinguish
two segments of which the local maximum is plotted. We interpret the faster segment
to be a higher mode. The slower segment, although estimated with large uncertainty, is
assumed to be the fundamental mode.
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slower maximum, interpreted as fundamental mode, can also be traced but suffers
from smearing, and is thus inaccurate. The reliability of this identification must
be established from the consistency with earth models.

4.4.2 Phase velocity from beamforming

Since Green’s functions obtained by cross-correlations often lack higher modes,
the phase velocity is expected to be dominated by the fundamental mode. To
estimate a possible bias by higher mode information, we compare the phase ve-
locity with that obtained by beamforming. The beamforming output is a three-
dimensional array A(c, f, φ). Hence, we can pick a dispersion curve from this
volume. In Figure 4.4.3, we plot the (Rayleigh) phase velocity c(f) correspond-
ing to different angles φ in the beamformer output. In red, the directions 275-
305deg are plotted. We again see the sharp jump at 0.15 Hz, corresponding to the
third peak in Figure 4.2.3. We interpret this to be the transition to the first over-
tone. In black the phase velocity extracted from the Green’s functions is shown.
Clearly there is an influence from the higher mode information on the fundamen-
tal mode phase velocity measurement between 0.15-0.2 Hz. We assume that the
fundamental mode is accurately estimated at low and higher frequencies. As the
measurement is not one-to-one comparable to the Green’s function phase velocity
method, we refrain from determining accuracy in terms of error bars.
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Figure 4.4.3: Phase velocity estimation from beamforming. We estimate the maximum of
the beamform output for each angle. In green the directions 235-265deg, and in red the
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and the transition between PRM and SEC1 (∼0.1 Hz) is rather smooth. At 0.14-0.23 Hz,
the SEC2 microseism signal (coming from NW) is dominant, characterized by high veloc-
ities. In black we show the phase velocity estimation from the Green’s functions, which
is in agreement with the beamforming estimates at higher frequencies. We interpret both
the segments at low (< 0.14 Hz), and at higher (> 0.2 Hz) frequencies as fundamental
mode. The alternative explanation, where all information above 0.12 Hz is overtone in-
formation, is unlikely since in this frequency band there is little energy travelling with a
back azimuth between 235-265 degrees.
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4.5 1-D model estimation

To obtain a better understanding of the prevailing noise wavefield in term of propa-
gating surface wave modes, a structural inversion is performed. Similar to Brooks
et al. (2009), we aim to verify the dispersion of the higher mode by a known back-
ground model. To obtain a reasonable model, however, we first need to invert the
fundamental mode. Our measured dispersion profiles are characterised by a sharp
velocity drop. This means, that the higher frequencies are confined to the low ve-
locity layers. The resulting inversion is highly nonlinear and non-unique; a large
range of possible models could produce such dispersion curves. We therefore per-
form a Monte Carlo search to explore the parameter space, minimizing the least
squares misfit between the observed and computed dispersion curves. Prior infor-
mation is required to constrain the allowed range of solutions that fit our data. The
region has been extensively covered by seismic surveys and studied in the context
of hydrocarbon exploration. The resulting 3D-profile, however, contains mostly
P-wave structural information. We base the starting model on

• well data for the upper few hundred meters. Both P and S wave information,
as well as density is provided.

• the most important layers in the 3D structural model of TNO-NITG (2004),
for the upper few kilometres. As approximation, Castagna’s rule (Castagna
et al. 1985) relating P and S velocities is used. This is an empirical law
based on laboratory experiments with sandstones and mudstones. Gardner’s
rule (Gardner et al. 1974) has been applied, relating density to P wave
speed.

• the seismic study of (Remmelts & Duin 1990) for the average thickness
of the Moho in the region (28.5 km) and the used P-velocity for the lower
crust. Below the crust we use values from PREM (Dziewonski & Anderson
1981).

Our main focus is to retrieve the S-velocity structure at shallow and intermedi-
ate depth. To this end we parameterize our model according to Table 4.5.1, in a
Monte Carlo search. The sampling is performed according to a Gaussian distribu-
tion around the prior model. To reduce the number of parameters to a reasonable
amount, some values for thickness and velocity are coupled between different lay-
ers (see Table 4.5.1). In total, 106 models were created and 10 parameters were
varied. We compute the misfit of our measured dispersion curves with the theoret-
ical phase velocities predicted from these models, computed with the Herrmann’s
Computer Programs in Seismology (Herrmann 1978).
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Thickness (km) α (km/s) β (km/s) ρ (kg/m3)
Shallow subsurface 0.03 1.7 0.34 0.7
Upper North Sea 0.47*(1+σ*p1) 1.8 0.7*(1+σ*p2) 0.31*α1/4

Middle+Lower North Sea 0.55*(1+σ*p3) 2.4 0.9*(1+σ*p4) 0.31*α1/4

Chalk 0.14*(1+σ*p3) 2.5 1*(1+σ*p4) 0.31*α1/4

Chalk 1.0*(1+σ*p5) 3.8 2.1*(1+σ*p6) 0.31*α1/4

Rhineland 0.4*(1+σ*p5) 3.9 2.2*(1+σ*p6) 0.31*α1/4

Trias 1.3*(1+σ*p7) 4.0 2.3*(1+σ*p8) 0.31*α1/4

Zechstein-Limburg 3.7*(1+σ*p7) 4.2 2.45*(1+σ*p8) 0.31*α1/4

Lower crust 20.9*(1+σ*p9) 6.2 3.5*(1+σ*p10) 2.6
Mantle 1 185.6 8 4.4 3.6
halfspace ∞ 10 5.2 3.9

Table 4.5.1: Summary of the explored models. The layer thicknesses and p-velocities are
representative (but simplified) of the formations in the area (TNO-NITG 2004). The 10
parameters p1 to p10 are (Gaussian distributed) random values with mean 0 and standard
deviation σ = 0.15. The relations relating P-wave speed to S-wave speed (β = (α −
1.36)/1.16) and density (0.31 ∗ α1/4), are respectively Castagna’s rule and Gardner’s
rule.

4.6 Inversion and mode identification

We show the best fitting 25 models for Rayleigh and Love waves in Figures 4.6.1
and 4.6.2. Here we constrained only fundamental mode phase velocity. The layer
thicknesses and shear wave speeds of the best 1000 models are plotted on the
right. At the lowest frequencies the beamforming measurements become unreli-
able (considering the large wavelengths compared to the size of the array (Figure
4.2.1) and show overestimation in velocity. The resulting bias in the inversion is
relatively minor and only in the deepest layers. For Rayleigh waves, the inver-
sion of fundamental mode phase velocity produces models that explain the over-
tone measurement well. In contrast, for Love waves, the first higher mode is just
outside the measurement accuracy, even though the measured and computed dis-
persion curves follow a similar pattern. Since the fundamental mode is relatively
poorly determined, we also consider an inversion constraining both the funda-
mental and the higher mode (Figure 4.6.3). The best fitting dispersion curves still
explain the fundamental mode well, since the variation is relatively small com-
pared to the accuracy with which the phase velocity was estimated (Figure 4.4.2).
In our models, the shallow low velocity layers lead to a very steep drop in velocity,
for both the fundamental and higher mode surface waves. Therefore, the (short
period) first overtone does not correspond to an Lg interpretation that travel with
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Figure 4.6.1: Rayleigh wave inversion. On the left, the measured phase velocities; In
blue the low frequencies obtained from beamforming (Figure 4.4.3), in black the curve
obtained from the Green’s functions (Figure 4.4.1). The best fitting 25 models are plotted
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the resulting higher mode curves match with the observation of the fast velocity arrival
(SEC2). On the right, the S-wave profiles belonging to the best 1000 models. The misfit
determines the colour in greyscale (darker = smaller misfit).

a group speed of 4 km/s, in contrast to the observation of Koper et al. (2009), who
explain most of noise in the 1-3 s band consisting of Lg waves.

4.6.1 Appraisal, structural inversion, and seismic velocities

As we invert for both layer thickness and velocities, we choose to combine Love
and Rayleigh information as follows. The layer thickness is constrained by both
Love and Rayleigh following

P = P (L)P (R), (4.6.1)

where P(L) and P(R) represent the posterior probability of a specific layer thick-
ness from Love and Rayleigh waves, considering the best fitting 1000 models
(again L2 norm). Multiplication leads to a new mean and standard deviation.
The probability density functions of seismic velocities, belonging to the subset of
models that are within 1 standard deviation of this layer thickness, are considered
to represent the seismic velocity of this layer. We ignore possible mode coupling
effects. With sufficient resolving power of the inversion to constrain the veloc-
ities, comparing the SV (Rayleigh) and SH (Love) gives a first estimate of the
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Figure 4.6.2: Same as previous figure, but for Love waves (measurements from Figure
4.4.2). The best fitting models fit the fundamental mode measurements well. The match
with higher mode dispersion curves is less good. With such steep drop in velocity, small
deviations (possibly due to the inaccurate measurement) in the fundamental mode trans-
late easily to different dispersion profiles for the higher mode.
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Figure 4.6.3: Same as previous figure, but here we consider the joint misfit for both the
fundamental and higher mode Love waves. The resulting models explain the higher mode
measurement well. The resulting mismatch for the fundamental mode is acceptable, given
the relative inaccurate measurement of its velocity at low frequencies (Figure 4.4.2).
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Figure 4.6.4: Sensitivity functions as a function of frequency for all layers, for Rayleigh
(left), and Love (right) waves, fundamental mode (top) and first overtone (bottom). The
sensitivity functions were computed for the model with the smallest (Rayleigh) misfit.
(They are not used in the inversion). As expected, the low frequency fundamental mode
Rayleigh wave are mostly sensitive to the deeper layers, although they do display some
sensitivity to the second (shallow, low velocity) layer. The overtone (in the bandwidth
0.1-0.2 Hz) also is sensitive to the deeper layers (∼3-5 km), but not so much to the lower
crust. Above 0.2 Hz, the fundamental mode Love waves travel only through the shallow
low velocity layers.

likelihood of radial anisotropy. Anisotropy in the upper crust is often associated
to cracks orientated in a preferential direction (Crampin 1994), and in lesser extent
as the consequence of thin layering. In the latter case, in general SH > SV .

To understand to what degree the different parts of the crust are constrained by
the data, we compute the sensitivity functions as a function of frequency. These
are shown for both Rayleigh and Love waves, for different layers, in Figure 4.6.4.
Note that this serves only as illustration, and the sensitivity functions (a linear
concept) are in no part used in the (nonlinear) inversion. (Instead of ∂c

∂β as a

function of depth for a fixed frequency, we show ∂c
∂β integrated over the thickness

of the layer, to emphasize the dependency of frequency.)
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Figure 4.6.5: The probability density function marginals, constructed from the best fitting
1000 models, of S-wave velocities for the layers 2-9 (the last is the lower crust). In red
SV-speed (determined from Rayleigh waves) is shown, the SH-speed (determined from
Love waves) is shown in grey.

For Rayleigh waves, above 0.5 Hz the higher frequencies are confined to the
shallowest layers. For Love waves this contrast occurs already at 0.20-0.30 Hz,
explaining the sharper drop in phase velocity. The higher mode Rayleigh wave,
measured between 0.15-0.2 Hz, is mostly sensitive to the shear speed at 3-5 km
depth, and not so much the lower crust. Figure 4.6.5 shows the inverted S-wave
speeds constraining fundamental mode information only. In Figure 4.6.6 we show
the result after jointly inverting the fundamental mode and higher mode. No addi-
tional weighting of the higher mode misfit with respect to the fundamental mode
misfit is applied. Including the higher modes reduces the width of the posterior
probability marginals in a number of layers. Both figures show a slightly higher
mean SH velocity compared to SV in the lower crust. The largest difference is
in the Layers 2, 7, and 8, where including the higher mode leads towards lower
SH-velocities. To conclusively reject or accept the identification of the Love wave
higher mode, more data, leading to more accurate estimations of phase veloci-
ties are required. The layers are better constrained with higher mode information,
and the joint inversion indicates anisotropy. However, there is a relative large
uncertainty in the final models. Considering the accuracy in the phase velocity
measurements, a range of models exists that could explain the data without the
need for anisotropy. The misidentification of the measured higher mode(s), or a
bias in the measurement of fundamental mode (due to interference with the higher
mode) could also lead to the observed SH/SV discrepancy. The latter is however
not likely, since the inversion constrained by fundamental modes only indicates
little anisotropy. We verified in Figure 4.6.7, that the best-fitting Rayleigh models
do not explain the Love wave measurements well.
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Figure 4.6.6: S-wave probability density marginals if we consider the inversion con-
strained jointly by fundamental mode and higher mode phase velocities. Compared to
Figure 4.6.5 there is a larger discrepancy between SH and SV speeds in layers 2 (first 500
m), 7 and 8 (mid-crust).
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Figure 4.6.7: Love wave phase velocities (red) predicted from the best-fitting models to
the fundamental mode Rayleigh data. The Rayleigh wave inversion does not lead to mod-
els that explain the Love wave measurements (black) well, which indicates anisotropy.
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4.6.2 On 1-D averaging and heterogeneity

For both the beamforming and the construction of dispersion curves we made the
assumption of an incoming plane wave front travelling through a laterally homo-
geneous medium. The region of study, however, is known to be heterogeneous
(TNO-NITG 2004). We ignored the effects of non-planar incoming wavefields
and refraction within the array. Furthermore, anisotropy (e.g. Crampin & Tay-
lor 1971) and local scattering could complicate surface wave propagation. The
effects of a 1-D approximation along a heterogeneous source-receiver path have
been studied by Kennett et al. (2002). In general, if the variations are small, a
waveform inversion in terms of a stratified model will still yield a path-averaged
model. If, however, the lateral heterogeneities are very strong, heterogeneities
can have a large effect on the measured dispersion curves (Lin & Lin 2007, An &
Assumpcao 2005). The latter studies found, that in that case largely different 1-D
models can be found. They suggest to test different parameterizations for stability
of the inversion. We used a large set (106) of models, and found good consistency
for the best fitting models. Also, different parameterizations were tested. We find
that indeed variations exist between the different 1-D models. However, the main
conclusions, 1) indication of anisotropy (SV > SH), and 2) a reduction of widths
of the posterior marginals when including the higher mode observations, remain
similar. Judging from the consistencies within the different best fitting models we
consider the effect of heterogeneity not to be very troublesome, and assume that
the best 1-D models produce a profile reasonably close to the average properties of
the region. A further complication from strong lateral heterogeneities is that they
cause biases between S models deduced from Love and Rayleigh waves, leading
to a false interpretation of anisotropy (Levshin & Radnikova 1984, Debayle &
Kennett 2000). Even though this effect may be small, the indication of anisotropy
is likely to be a combination of the two effects, and additional studies are required
to make a clearer discrimination between the two.
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4.7 Discussion and conclusions

By means of beamforming, analysis of retrieved Green’s functions, and synthe-
sizing this information into a 1D inversion, we were able to determine noise char-
acteristics measured over the Annerveen array between 1-20 seconds. By using
as many observables as possible, in combination with prior information about
the subsurface, we were able to verify the consistency of the best-fitting models,
thereby reducing the uncertainties related to the interpretation of single dispersion
curves. The soft sediments characterizing the studied area lead to a steep drop
in velocity. However, the resulting relative high-amplitude high-frequency noise
enables to retrieve Green’s functions at these high frequencies over relative long
distances. We were able to retrieve arrivals with wavelengths of 500-700 m over
distances up to 30 km. A substantial content of (at least Rayleigh wave) noise
in the secondary microseism band (between [0.15-0.2] Hz) is overtone informa-
tion, coming from a distinctly different orientation compared to the fundamental
mode in the secondary microseism. In the analysis of the Green’s functions, it
is essential to carefully account for such overtones, since they could bias the dis-
persion analysis of fundamental modes. The dispersion analysis from the trans-
verse component Green’s indicates presence of an overtone as well. Including
the Rayleigh and Love overtones in the inversion for a 1-D shear wave profile
suggests anisotropy in the mid-crustal layers (SH < SV).

The frequency range where we observe the higher mode corresponds to the
study in New Zealand by Brook et al. (2009). They explain the overtone ob-
servation by presence of deep water approaches to a narrow continental margin.
This corresponds to our observations, since the overtone is only large in amplitude
during periods of large average waveheight at the border of the continental mar-
gin near Ireland. Our results suggest that higher modes may be more dominantly
present in microseismic noise than previously thought. It remains to be explained
why they are present mainly in the specific frequency band between 0.15-0.2 Hz.
Perhaps this observation provides additional constraints on the mechanism of ex-
citation of microseismic noise.
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Chapter 5

The NARS-Annerveen array:
Group velocity inversion

Abstract We invert group velocity measurements for a 2D group velocity struc-
ture. The large scale structure from Love and Rayleigh waves corresponds to local
geologic features. Next to the low frequency fundamental mode, we are able to
construct group velocity maps for the slow travelling, higher frequency (0.5 Hz)
phase, as well as for the previously identified higher mode. However, the uncer-
tainties remain relatively large, due to possibly large measurement errors (mainly
the long period), and the relative small number of measurements.

5.1 Introduction

So far, we have only considered average features described by the entire gather
of cross-correlation functions of the Annerveen data set. We thus ignored lateral
heterogeneities, leading to relative large standard deviations in the estimation of
phase velocity. To explain the variation in velocity measurements between differ-
ent paths we image lateral heterogeneities using surface wave tomography. For
this we use group velocities for each interstation path, which is in easier to mea-
sure than phase velocity.

Seismic tomography (Bois et al. 1972; Aki & Lee 1976; Dziewonski et al.
1977) is the method of choice for many problems concerning the imaging of the
seismic properties of the Earth. The main progress in seismic tomography in re-
cent times is due to the tremendous increase in data and computational power and
concerns the use of the full waveforms, and the use of true finite frequency kernels.
The analysis of robustness of the (non-unique) solution remains a central issue in

87
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inverse problems, and still is an active field of research (see the review of Rawlin-
son et al. 2010). We will test our obtained models via standard checkerboard tests
and covariance matrix analysis.

In ambient noise studies often a straight/great circle ray path approach is
taken, with the exception of Saygin & Kennett (2009), who use bent rays from
the solution of the eikonal equation. In general, to acknowledge the non-linearity
of the problem at hand, a sophisticated forward solution in combination with an
iterative non-linear inversion procedure should be the preferred method. How-
ever, these solutions still suffer from the inherent dependency on the accuracy of
the starting model. True robustness in general can’t be estimated unless a true
full inversion is adopted, by means of a Monte Carlo method. Independent of the
used method, an inversion can only be as good as the quality of the used data.
With only 15 stations, our maximum ray coverage comprises 105 paths. Reject-
ing paths that are off the dominant noise-direction or otherwise characterised as
poor quality (in a typical large scale noise study, 80% of the paths is rejected)
the expected resolution is limited. We therefore choose to adopt a relative simple
approach (linearized inversion, straight rays), with the aim of retrieving the first
order heterogeneity.

5.2 Group velocity measurements

To obtain an accurate group velocity measurement we represent the empirical
Green’s function in the time-frequency domain. Since we now measure velocity
separately for each path between two stations, spatial aliasing is not an issue (as
in Chapter 4) and we can trace dispersion up to the frequency that the Green’s
function is still considered reliably retrieved; for some interstation paths up to 1
Hz. The variation along the different station paths is assumed to be the result of
structural heterogeneity in the region.

Prior to the group velocity measurement, the Green’s functions are filtered
with the time-frequency analysis method FTAN (Levshin 1972) to extract pure
fundamental mode information. FTAN uses the floating filtering technique to ex-
tract clear waveforms from the rest of the signal. The waveform signal is filtered
by a band pass filter in the frequency domain. Then phase equalization is ap-
plied to the obtained signal and the phase-equalised spectrum is inverse Fourier
transformed. After this the signal is windowed in the time domain with a cosine-
tapered window. The Fourier transform is applied to the transformed signal and
the initial phase spectrum is restored. In our experience, the filtering step, applied
with a relative narrow Gaussian window, is especially important to obtain reliable
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measurements for the lower frequencies that otherwise have a tendency to be un-
derestimated in velocity.

Figure 5.2.1: FTAN from the empirical Green’s function retrieved from the noise cross-
correlation (top), compared to cross-correlating the signal from a Mw 6.9 Earthquake in
Greece (14 February 2008) (bottom), on the great-circle path of the two stations. The
shown path has an interstation distance of 33 km and oriented at 156/336 degrees. The
right panels show the FTAN representation after applying a phase-matched filter over the
bandwidth of interest. The top-left figure displays the retrieval of low velocity low-period
phases that can be resolved with noise-signal only. The signal becomes unreliable for
periods below 10s.

In Figure 5.2.1, we compare the interstation empirical Green’s function to
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a two-station great-circle measurement from a Mw 6.9 (Greece) earthquake. As
visible from the unfiltered FTAN representations (left), both face large uncertainty
at longer periods (T > 10 s). However, the two measurements correspond to
a large degree, in between 4-10 s after filtering (right). The two maxima (the
measured dispersion curves) differ less than 5%, as plotted in Figure 5.2.2 for
comparison.

As visible in Figure 5.2.1, both a slow (320-350 m/s) and (a more dominant)
higher velocity (550-600 m/s) segments can be recognized. Such arrivals are con-
sistent over many paths, as visible in Figure 4.3.1. We interpreted the faster arrival
to be the fundamental mode, based on the misfit with relevant 1D Earth models
(Chapter 4). The low and high frequency curves do not appear to be well con-
nected. This gap is related to a large velocity drop in the dispersion profile. As
discussed in chapter 4, a sharp velocity contrast confines the higher frequencies in
the low velocity layers.
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Figure 5.2.2: Comparison of the FTAN group velocity measurement for the concerned
interstation path in Figure 5.2.1, for noise data (black) and earthquake data (red). The
high frequency, low velocity segment (travelling at shallow depths) can only be recognised
with noise data.

To limit effects of noise directionality, we again include only interstation paths
that are more or less in the prevalent noise direction, again paths with azimuth 280
+/-90 degrees. Based on the quality of individual FTAN measurements a cross-
correlation function is rejected or not. In Figure 5.2.3 we show in black the in-
terpreted fundamental mode Rayleigh wave curves. For comparison, in blue we
show the group velocity as calculated from the best 25 models obtained in the 1-D
phase velocity inversion (Chapter 4). Phase and group velocity represent sensitiv-
ities to different depths, and depending on the technique, can be measured reliably
over slightly different frequency bands. Independent measurement of both quan-
tities can be helpful reducing the measurement errors involved and to achieve a
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better constraint on velocity structure.

12345678910

0.5

1

1.5

2

2.5

3

3.5

Period (s)

G
ro

up
 V

el
oc

ity
 (

km
/s

)

Rayleigh wave group velocity

 

 

Measured (M0)
Predicted (M0)
Predicted (M1)

10
0

10
1

0.2

0.4

0.6

0.8

1

1.2

1.4

1.6

1.8

2

Period (s)

G
ro

u
p
 V

e
lo

ci
ty

 (
km

/s
)

Love wave group velocity

 

 

Measured (M0)
Predicted (M0)
Predicted (M1)

Figure 5.2.3: In black, the measured fundamental mode group velocities (left for
Rayleigh, right for Love waves). Predicted group velocity curves computed from the
1D phase velocity inversion are shown in blue. The predicted curves for the first higher
mode are shown in red, also compared to the measurements (*), performed for T = 5.4 s
only.

The predicted and measured group velocity curves display a similar pattern,
but the predicted curve shows higher velocities. Since the shallow layers are prac-
tically not constrained by the phase velocity measurements (where we used low
frequencies only), this is not surprising. However, also at low frequency a discrep-
ancy (mostly for Rayleigh waves) remains. Uncertainties in the group velocities
are mostly in the interpretation of the FTAN-figures, where noise (and overtones)
can bias the measurement. Furthermore, as visible in Figure 5.2.1, at longer pe-
riods (T > 10 s) the dispersion becomes less reliable. (In our study, the intersta-
tion distances are relatively small, a small traveltime error translates to a relative
large error in velocity). In our application, we assume that at least the relative
perturbations in our group velocity measurements is correct. The validity of this
assumption is strengthened by the lack of correlation of velocity with azimuth and
distance (Figure 5.2.4).

Besides fundamental mode group velocity maps, we attempt to construct a
tomographic image using first higher mode measurements. Following the method
of Chapter 3, we identify and measure the velocity on the phase stack itself. We
use the cross-correlation functions of the months January-March, since the higher
mode is most clearly present during these months (Chapter 4). We stack cross-
correlation functions of 100 equally long time segments. Measurements are per-
formed for only one frequency (0.185 Hz, or T = 5.4 s). Based on the approximate
prediction of the velocities (Figure 5.2.3), we choose to include fast arrivals that
show a consistent pattern throughout the TF-phase stacks, similar to Figure 3.4.2.
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We could identify the higher mode at this frequency for 21 interstation paths.
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Figure 5.2.4: Group velocity measurements, for three fundamental mode periods, and the
higher mode measurements, plotted as a function of interstation distance, and interstation
angle. Even though large variations occur, these do not have a pattern specifically corre-
lated with distance (because we filtered out large wavelengths as a function of distance)
or angle. Despite the strong directionality, the lack of a strong pattern as a function of
azimuth strengthens the validity of the assumption that variation is due to heterogeneity.
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5.3 Group velocity inversion, method

5.3.1 Problem formulation

We follow the isotropic part of Barmin et al. (2001). That means that the ap-
proximation of ray-theory is used. The frequency dependent traveltime, our mea-
surement t(ω), is expressed as resulting from velocities encountered along the
raypath:

t(ω) =
∫

p
u−1(r, ω)ds, (5.3.1)

where r represents the surface position vector, and p represents the raypath which
we assume to be a straight line. The observational error is introduced as

tobs(ω) = t(ω) + ε(ω), (5.3.2)

The fundamental principle in ray tomography is that the wave path is stationary
with respect to small changes in the ray location (Fermat’s principle). The path
between all the receivers is computed in Cartesian coordinates, at the considered
scale this is a small approximation to the great-circle paths. We consider the
perturbation of velocity with respect to the reference velocity u0:

δt = t − t0 =
∫

p

1
u

ds −
∫

p

1
u0

ds =
∫

p

m

u0
ds, (5.3.3)

where

m =
u0 − u

u
(5.3.4)

(Barmin et al. 2001), with the assumption that the raypath is the same for u and u0.
The reference velocity (u0) is the average of all group velocity measurements at
the considered period. For the available number of traveltime residuals (δtobs =
tobs − t0), we will thus estimate the vector function m in the linear forward
equation

δtobs = Gm, (5.3.5)

where we dropped ε. The measurement error will be accounted for by the covari-
ance matrix in the inversion. We will from now on refer to the traveltime residuals
as data vector d.
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5.3.2 Parameterization and Regularization

Our inverse problem to be considered is that of using surface wave traveltime
residuals of N raypaths, and a model of M blocks, where the desired output is a
2-D group velocity map.

To estimate m we choose to minimize the following penalty function:

(Gm− d)TC−1
d (Gm − d) + mTQm, (5.3.6)

where Cd is the data covariance matrix, expressed by the data uncertainty on the
diagonal components, and zero elsewhere. We choose for this uncertainty the dif-
ference between the earthquake and noise cross-correlation measurement (Figure
5.2.1). The regularization matrix Q is the inverse of the prior model covariance
matrix. The prior model covariance matrix is the result of the regularization, i.e.
the spatial smoothing and norm damping used in the inversion. It can be deter-
mined in the following way (Barmin et al. 2001):

Q = Cm
−1 = αFTF + βHTH, (5.3.7)

where the smoothing constraint is incorporated within the M × M matrix (the
regular grid) F (Fij) as

Fij =
{

1 i = j
−S0(ri, rj)/p i �= j

, (5.3.8)

with p =
∑

j S0(ri, rj). The smoothing kernel is defined as follows:

S0(r, r′) = exp(−‖r − r′‖2

2σ2
(5.3.9)

∫
s
S0(r, r′)dr′ = 1, (5.3.10)

where σ is the smoothing width or correlation length.
The model norm constraint is encoded within the diagonal matrix H (Hij) as

Hij =
{

ξ(ri, rj) i = j
0 i �= j

, (5.3.11)

H penalizes the weighted norm of the model, with ξ as the weighting function
dependent on the local path density (ρ) of the grid. We use ξ = exp(−λρ). Here
is λ a constant chosen such that the variation from 1 (poor coverage) to 0 (good
coverage) is smooth over the considered model.
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Figure 5.3.1: On the left the raypaths and parameterization used. The station positions
are indicated in green, and the dimensions are in km. On the right the diagonal values of
H belonging to the different grid cells in the model. A good coverage corresponds to a
low value.

Of all the constants introduced (α, β, λ, σ) so far, α and β define the relative
strength of data misfit and regularization. They are also the most subjective and
should be varied systematically, taken into consideration the total misfit, to choose
the solution ”preferred” by the author. Also the correlation length σ can be varied,
but since it has a more physical basis (Ritzwoller et al. 2002) it is less subjective.
(We take σ = 1/2 wavelength.) We use a regular 14 x 14 grid, interpolated to 42
x 42 cells (this only affects the smoothing kernel).

5.3.3 Inversion matrix

With the definitions described above, the inversion operator, L, is defined as fol-
lows:

L = (GTCd
−1G + Q)−1GTCd

−1 (5.3.12)

This means, that the best estimated model, in the least squares sense, is

m̂ = Ld. (5.3.13)

The resolution matrix is

R = LG, (5.3.14)

and the posterior model covariance matrix is

C = (GTCd
−1G + Q)−1. (5.3.15)
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5.4 Group velocity maps

5.4.1 Elementary test

To assess the reliability of the inversion, we perform a simple checkerboard test.
Lévêque et al. (1993) have shown the checkerboard test depicts only the reso-
lution for a certain class of anomaly. For example it may be possible to recover
small scale structures using a particular ray coverage which could be unable to
resolve for larger scale structure. Thus, even though checkerboard tests can be
deceptive as validation, it serves as a valuable first diagnostic of our method. We
choose patches with velocities 2 km/s (blue) and 1.5 km/s (red) in the assumed
grid with patches 0.03 deg x 0.05 deg grid (Figure 5.4.1, right), and a grid with
patches 3 times this size (0.09 deg x 0.15 deg). In the first test, we add 10 theo-
retical stations at the outside region of our model to increase coverage. With 300
paths instead of 105, and coverage in nearly all cells, we are able to reconstruct the
input model accurately (Figure 5.4.1). We use very small values for the regular-
ization parameters α and β (since, we are not retrieving a smooth model). When
considering the 15 stations used in our study, or 105 possible station paths, the in-
put model can still be reconstructed, at least in the largest part of the area (Figure
5.4.2). For the higher mode, we only have 21 group velocity measurements. Only
the largest scale structure can then be recovered (Figure 5.4.3).
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Figure 5.4.1: Checkerboard pattern with 300 paths. The patches have dimensions of 0.09
x 0.15 degrees (left), and 0.03 x 0.05 degrees (right).

longitude

la
tit

ud
e

Retrieved model

6.6 6.7 6.8 6.9

52.95

53

53.05

53.1

53.15

longitude

la
tit

ud
e

Input

6.6 6.7 6.8 6.9

52.95

53

53.05

53.1

53.15

longitude

la
tit

ud
e

Retrieved model

6.6 6.7 6.8 6.9

52.95

53

53.05

53.1

53.15

longitude

la
tit

ud
e

Input

6.6 6.7 6.8 6.9

52.95

53

53.05

53.1

53.15

Figure 5.4.2: Checkerboard pattern with 105 paths. The patches have dimensions of 0.09
x 0.15 degrees, and 0.03 x 0.05 degrees.
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Figure 5.4.3: Checkerboard test with 21 paths. Only the larger scale structure can be
retrieved. The patches have dimensions of 0.12 x 0.18 degrees, and 0.03 x 0.05 degrees.

5.4.2 Regularization parameters

In order to choose optimal values for the regularization parameters, we turn to
L-curve analysis (Hansen 1992), where we compare misfit to the model norm
(Figures 5.4.4 and 5.4.5, left bottom). Ideally, the L-curve shows a pronounced
maximum curvature as the optimal trade-off between fitting noise and an over-
damped model. The resulting images depend most on smoothing parameter α.
We show only the result for the inversion of the Rayleigh wave at 5.4 s. Increas-
ing α we obtain a smoother image and, unavoidably, a larger misfit. In Figure
5.4.4 we keep β = α. For α = 50, the inversion is unstable. For values above
5000 the obtained pattern doesn’t change much anymore, only the amplitude will
decrease with larger damping factor. We choose the value of 1500 as the optimal
trade-off. The optimal relative value for β is studied in Figure 5.4.5. The figure
shows values where we kept α to 1500, and we determine the optimum value for
β to be 6000. (Similar curves with slightly higher and lower values for α were
computed but the results are not shown here).
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Figure 5.4.4: Varying the regularization parameters α and β. For all figures we keep
β = α. The top left panel corresponds to very little smoothing (α = 25). The remaining
figures result from increasingly larger damping factors, indicated with the marks in the
bottom figures. The misfit is the normalised χ2-misfit; 1

n (Gm − d)TCd
−1(Gm − d).

Based on these figures we choose for α = 1500 for the following figures.

longitude

la
tit

ud
e

T = 7.5 s, β = 0

 

 

6.6 6.8

52.95

53

53.05

53.1

53.15

−0.2

0

0.2

longitude

la
tit

ud
e

T = 7.5 s, β = 91

 

 

6.6 6.8

52.95

53

53.05

53.1

53.15

−0.2

−0.1

0

0.1

0.2

longitude

la
tit

ud
e

T = 7.5 s, β = 1443

 

 

6.6 6.8

52.95

53

53.05

53.1

53.15

−0.2

−0.1

0

0.1

0.2

longitude

la
tit

ud
e

T = 7.5 s, β = 4447

 

 

6.6 6.8

52.95

53

53.05

53.1

53.15

−0.1

0

0.1

0.2

longitude

la
tit

ud
e

T = 7.5 s, β = 29211

 

 

6.6 6.8

52.95

53

53.05

53.1

53.15

−0.1

0

0.1

longitude

la
tit

ud
e

T = 7.5 s, β = 153276

 

 

6.6 6.7 6.8 6.9

52.95

53

53.05

53.1

53.15

−0.05

0

0.05

5 10 15 20 25

1.55

1.6

1.65

1.7

1.75

β=0β=91β=1443
β=4447

β=29211

β=153276

mTm

M
is

fit

0 5 10 15

x 10
4

0

5

10

15

20
β=0
β=91

β=1443

β=4447

β=29211 β=153276

β

m
T
m

0 2 4 6

x 10
4

1.55

1.6

1.65

β=0
β=91

β=1443
β=4447

β=29211

β

M
is

fit

Figure 5.4.5: Varying β, keeping α fixed at 1500. Based on these figures we choose
β = 6000 for the following figures.
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5.4.3 Rayleigh wave group velocity maps

Figures 5.4.6 how the group velocity maps for periods 10 s, 7.5 s, 5.4 s and 2 s.
Respectively 44, 63, 63 and 54 paths were used. The figures on the right (Figure
5.4.6) are the Love wave group velocity maps, based on respectively 30, 34 and
26 paths. Shown is the group velocity perturbation u-u0 (related to m according
to equation 5.3.4), in km/s.
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Figure 5.4.6: The group velocity perturbation for different periods, T = 10, T = 7.5, T =
5.4 s, for both Rayleigh (left) and Love (right). Shown is u-u0, in km/s.

Figure 5.4.7 shows the short period (2 s) Rayleigh group velocity. In total 54
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paths were used. A notably different pattern compared to the longer period maps
can be distinguished, with low velocities in the North and fast velocities in the
South-West. In Figure 5.4.8 we show the higher mode (T = 5.4 s) Rayleigh wave
group velocity map, based on 21 paths.
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Figure 5.4.7: The Rayleigh group velocity at 2 s. It shows a different pattern compared to
the longer period maps, indicative of a different geological structure at shallow depths.
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Figure 5.4.8: The higher mode Rayleigh group velocity at T = 5.4 s. The figure shows
some resemblance to the longer period fundamental mode group velocity maps. However,
we keep in mind the very limited resolving power of the inversion with only 21 paths.
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5.5 Interpretation

For the Veendam salt wall (Chapter 1) we expect a high velocity anomaly. Indeed,
locally (∼53.03, 6.85deg) a high velocity patch can be recognized at the T = 2
(and to lesser extent the T = 5.4 s) Rayleigh maps. However, due to the relative
small amount of interstation paths, such small features are not reliably imaged,
as visible from the checkerboard tests. However, we can compare the large scale
structure to local geology. To understand the resulting tomographic images we
again need the sensitivity of the different periods to the shear wave velocity of
different layers. Therefore, we again compute sensitivity functions. The group
velocity (U) partial derivatives are related to the phase velocity (c) derivatives
(Figure 4.6.4) according to

∂U

∂β
|ω =

U

c
(2 − U

c
)
∂c

∂β
|ω + ω

U2

c2

∂

∂ω
(
∂c

∂β
|ω)|β , (5.5.1)

where β is the shear wave velocity, and the term ∂
∂ω (∂C

∂β |ω)|β is approximated by

numerically differentiating ∂C
∂β |ω(Rodi et al. 1975).

Figure 5.5.1 shows again that the longer period waves (5.4, 7.5 and 10 s) are
sensitive to the entire crust, while the short (2 s) period are confined to the first
layers.
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Figure 5.5.1: Rayleigh wave sensitivity (with respect to shear wave velocity) as a function
of depth. (The model from Figure 4.6.4 was computed with 75 small layers, to obtain
smooth curves). M1 (right) shows the sensitivity of the first higher mode.

The lower period tomographic images (10, 7.5 and 5.4 s for both Rayleigh and
Love waves) share a high velocity region in the North. Also low velocity regions
are relatively consistent in the East-Southeast, and in the South-West. In contrast
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however, is the group velocity for 2 s period, showing a low velocity perturbation
in the North.

A possible explanation is in the local geology. On the left in Figure 5.5.2 we
show the base depth of the North Sea groups (TNO-NITG 2004), the sedimen-
tary layers with relative low shear velocity. (The base of this layer corresponds to
layer 3 in Table 4.5.1, Chapter 4). On the right, the base depth of the Rotliegendes
group is shown, more or less corresponding to the deepest layer of our parameter-
ization in Chapter 4. Below this layer, in the lower crust, the shear wave velocity
increases again significantly. As a strong simplification, the difference in North-
South geology is schematically depicted in Figure 5.5.3. The northern part of our
studied region has thicker shallow surface sediments, but the entire upper crustal
sedimentary package is the thickest in the South-East. While the longer periods
are sensitive to the deeper layers, the 2 s period wave is sensitive to the shallowest
layers only (Figure 5.5.1), explaining the shift in sign of the velocity anomaly.

The higher mode group velocity map shares with the lower period fundamen-
tal mode maps a relative high-velocity in the North, and the central low-velocity
patch. However, again we emphasize the small amount of raypaths leading to a
result that is at the outer region only determined by a few measurements.

Yang et al. (2007) show a 10 s group velocity map of Europe, (also based
on ambient noise tomography), showing for the Netherlands a gradual decrease
in velocity in the northern direction, reflecting the thickening of the sedimentary
layers toward the sedimentary basin in the North Sea. A close up on the base of
the base of the Rotliegendes (Figure 5.5.2, right) shows that this is in agreement
with our result. Locally, the thickness of the entire sedimentary package is the
largest in the South-East.
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Figure 5.5.2: The local geology, from TNO-NITG (2004). On the left, the base of the
North Sea supergroups (low S-wave speeds see Table 4.5.1). On the right, the base of the
Rotliegendes (The Rotliegendes is within the 8th layer in Table 4.5.1). The black square
indicates the area imaged in the tomographic figures.
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Figure 5.5.3: Schematic simplification of the geological variation in the area (Figure
5.5.2). Representing the geology as a 3-layer case, each with a relative large jump in
S-wave speed, then the South-East (corresponding to the left figure) is largely distinctive
compared to the North (corresponding to the right figure).
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5.6 Discussion

In the study of Yang et al. (2007), a group velocity measurement error was de-
fined and studied for a large scale (Europe) ambient noise study. Based on the
repeatability of the measurements over time, they conclude the group velocity at
10 s can be accurately measured with an error (standard deviation) of 5-6 seconds.
Since their average interstation distance is 1000 km, this is a relative small error in
velocity. It is difficult to translate this error to our study, but an error of this order
would correspond with a substantial bias in velocity, given the small interstation
distances. Perhaps the poor correspondence with the phase velocity can be blamed
on the relative large measurement error. A small error in phase could lead to rel-
atively large measurement errors in velocity. This would however not affect the
phase velocity estimation in Chapter 4, since this was based on the relative phases
across the array. Such measurement errors call for further investigation, as they
could lead to errors in the tomography results. However, given the relative good
match with the interstation earthquake measurement, and the fact that we only
consider the relative perturbations in the group velocity, we consider the measure-
ments acceptable. Obvious directions to consider for further improvement would
be incorporating finite frequency effects, the use of a 3D starting model, and em-
ploying a more sophisticated non-linear iterative inversion approach. However,
most important is the quality of the obtained Green’s functions. Any sophisti-
cated inversion technique is only as good as the quality of the measurement. As
we have seen, the local geology and thereby modal structure of the incoming noise
field is the foremost controlling factor in determining the dominant wavelengths
measured. This means, that at least some prior knowledge of the local geology
should be available for an optimal array design. Without a substantial improve-
ment in accuracy of the group velocity measurement, it is advisable to maintain a
larger minimum interstation distance with respect to wavelength, for example 5-6
wavelengths.
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5.7 Conclusions

We were able to explain variation in group velocity measurements in terms of lat-
eral heterogeneity for low frequency Rayleigh and Love arrivals, a higher mode
Rayleigh wave, and slow, high frequency (500 m/s, 0.5 Hz) Rayleigh arrivals. The
latter represents energy confined to the uppermost low velocity sediment layers,
of which the thickness roughly coincides with the heterogeneity mapped in the to-
mographic result. A consistent discrepancy between phase and group velocity, the
relative small number of interstation paths, and possibly the accuracy of the group
velocity measurements under consideration call for caution in the interpretation.
However, the low frequency tomography shows consistency between the Rayleigh
and Love waves, and also shows (large scale) correspondence to the local geol-
ogy. We recommend to design following studies in such a way, that interstation
distances typically span over > 5 wavelengths.

5.8 Supplementary material: Resolution and uncertainty
analysis

Another way to analyze the robustness of the solution is to consider the posterior
resolution and covariance matrices. If perfect resolution would be achieved the
resolution matrix would be the identity matrix, but as a result of damping, this is
in general far from the case.
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Figure 5.8.1: On the top left, the resolution matrix (all values of the M x M matrix)
belonging to the inversion of the Rayleigh fundamental mode T = 5.4 s. (Perfect resolution
would be identity matrix). On the right the diagonal components. The lower left figure
shows the covariance matrix (again M x M ), and on the right the variances (diagonal
components) in the model. (The 10 s, 7.5 s and Love waves have similar coverages so we
don’t show the resolution matrices for these.)
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Figure 5.8.2: Similar as Figure 5.8.1, but for the 2 s Rayleigh wave
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Figure 5.8.3: Same as Figure 5.8.1, but for the higher mode.
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Chapter 6

Summary and conclusions

The results in this thesis unambiguously show that higher modes are present in
ambient noise, therewith improving constraints in the subsequent inversion pro-
cedure. Figure 6.0.1 summarizes the relations between the different chapters in
this thesis: The practical issue in the use of higher modes, remains the problem
of distinguishing them from spurious events/noise, and even distinguishing higher
modes from the fundamental mode, since at high frequencies they can be in close
proximity in a time-frequency diagram. We found a number of complicating fac-
tors hindering their retrieval in interferometry, explaining their absence in most
data studies. Higher modes can be lost in the data due to

• their small amplitude compared to the fundamental mode. This in its turn
is caused by the missing frequency dependent amplitude factor A(ω), and
the excitation close to the surface. The unknown excitation mechanism of
noise (horizontal and vertical forces is a simplification to the complex non-
linear coupled system actually driving microseism excitation) is a further
uncertainty that should be reckoned with.

• intermodal cross-terms that occur with imperfect distributions, but occur
even in the case of a perfectly surrounding integration surface. However,
if noise is generated in a large band-like distribution (or very far away) the
cross-terms should pose no problem.

• source-source correlation terms can take very long to converge. The signal-
to-noise ratio is orders of magnitude lower for higher modes, and also con-
verges much slower to the true solution compared to the fundamental mode
if we add more sources (or consider a longer time-series). Our examples

109
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Figure 6.0.1: schematic display of this thesis

also showed, that the exact instantaneous phase takes much longer to con-
verge than the envelope, implying larger uncertainty for phase velocity mea-
surements.

• incoherent noise not associated to wave propagation, or local effects.

Interestingly enough, we find that directionality in noise sources is not so
much a problem, as long as the resulting Green’s functions are used wisely. From
the first chapter we know that eventual errors in phase are small as long as sources
are distributed around the stationary phase region. The interstation path can be
even slightly off the main source direction, as long as excitation at the stationary
phase point occurs (Figure 2.2.4). Directional noise shows much faster conver-
gence for higher modes, again at least for station paths inline in this direction.
This is confirmed by our data, where the noise is strongly directional. It can be
argued that the higher mode information would not be retrieved if this were not
the case. Another interesting observation is that the higher mode seems to have a
different origin from the dominant secondary microseism.

The TF-phase weighted stack is a powerful tool to denoise the retrieved seis-
mograms. It is possible to measure the group velocity from the phase stack
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directly. The fundamental mode is dominant in coherency with respect to the
higher modes. To retrieve higher modes, the phase stack provides an easy to
use, additional tool, which in some cases contains more information than the
phase-weighted stack or linear stack. Furthermore, most information in general is
present in relative few stacks from long displacement traces. It is however advis-
able to consider different trace lengths, and vary the scaling parameters to check
for consistencies.

The largest obstacle for imaging remains the close proximity of higher modes
to each other, and to the fundamental mode. Although this depends on the local
structure (earth model), in general the higher the frequency considered, the more
difficult it is to make a clear distinction between different modes. Verification with
additional information (both Love and Rayleigh waves, using prior-information
regarding the local geology) was essential for a robust estimate of the 1D S-wave
velocity structure. As an average for the region, the higher mode information
gives additional constraint on the deeper sedimentary layers. However, the result-
ing tomography example from higher mode information does not yet satisfactorily
provide the increase in resolution and reduce of uncertainty. The tomographic im-
ages seem to correlate with the main geological features, but for the higher modes
the amount of interstation paths that can be reliably measured is not large enough.
This is due to interference with the fundamental mode in the group velocity im-
ages (the quality of the retrieved correlation functions), the limited directionality,
and the relative small interstation distances compared to wavelength.

The choice of a substantial spread in interstation distances (from 3.1 to 46.6
km) led to a broad range of analysis of the dispersion curves (from wavelengths
from ∼20 km to ∼600 m), but also limited the number of measurements for each
different frequency, explaining the somewhat poor horizontal resolution of the
final tomographic images. However, the success of Green’s function retrieval
is remarkable. The slowest arrivals, (f∼ 0.5-1 Hz, c∼ 340 m/s), can be traced
up to 30 km distance, a path representing more than 50 times the wavelength
between the two stations. A recommendation for future studies is to use a strict 1-
D (exploration like) station configuration along the prevalent noise direction. This
of course requires a pilot study to detect the dominant noise directionality, and
again sacrifices horizontal resolution (2D-sections as the maximum attainable)
for vertical resolution. However, the advantages are the large possible frequency
bandwidth (from short to long interstation paths), and the possibility to use and
invert the higher modes. (If sufficient stations would be available, multiple parallel
lines could be used to obtain lateral variation). For example, for our study region,
equidistant spacing of ∼20 km, and with an orientation of 290 degrees could give
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valuable further insight in the propagation characteristics of the higher mode(s).
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Samenvatting

In dit promotieonderzoek is onderzocht in hoeverre het mogelijk is boventonen
(hogere harmonischen) van oppervlaktegolven te gebruiken voor seismische in-
terferometrie, in het bijzonder in de toepassing van ruismetingen. Oppervlakte-
golven zijn seismische golven die voornamelijk langs het oppervlakte van de aar-
de reizen. Daarmee zijn ze het meest energetische deel van de bodembeweging
die gemeten wordt na een aardbeving. Ook wanneer geen aardbevingen optre-
den, meten we een continue excitatie van de aarde, voornamelijk bestaande uit
de grondtoon van deze oppervlaktegolven. Deze zogeheten microseismen worden
opgewekt door een gecompliceerde non-lineaire koppeling tussen oceaangolven
en de vaste aarde.

Met seismische interferometrie proberen we de propagatie-eigenschappen tus-
sen twee punten te achterhalen, zonder gebruik te maken van een actieve bron, zo-
als bijvoorbeeld een aardbeving (seismologie), of een explosie (olie-exploratie).
Dit kan men doen door middel van een simpele techniek, een kruiscorrelatie tus-
sen gemeten signalen op deze punten. Hiervoor kunnen ook ruismetingen gebruikt
worden. Er zijn echter veel aannames en voorwaarden waaraan moet worden vol-
daan bij ruis-interferometrie. Eén daarvan, is bijvoorbeeld dat inkomende energie
uit alle richtingen in gelijke ‘belichting’ dient te komen, iets wat met microseis-
men niet het geval is. In eerdere studies met achtergrondruis wordt vrijwel altijd
alleen de oppervlaktegolf grondtoon gereconstrueerd, maar zelden de boventonen.

Wij hebben het effect van de belangrijkste benaderingen (en aannames) in
ruis-interferometrie onderzocht (Hoofdstuk 2). Belangrijke problemen in toepas-
singen waarbij boventonen gebruikt worden, zijn: 1) Zelfs in het ideale geval van
perfecte belichting verhinderen kruistermen tussen verschillende trillingen recon-
structie van de echte propagatie tussen de twee punten. 2) Er vinden interacties
plaats tussen verschillende bronnen die gelijktijdig actief zijn. 3) Excitatie vindt
vrijwel alleen aan het aardoppervlak plaats, waardoor de boventonen een kleine
amplitude hebben. Bij een imperfect ruisveld kunnen echter nog steeds de juis-
te propagatie-eigenschappen teruggevonden worden, mits we lang genoeg meten.
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In veel gevallen tellen de kruistermen incoherent op, zodat deze verwaarloosbaar
worden. Succesvolle extractie van de boventonen uit een sterk directief ruisveld
is zelfs waarschijnlijker dan wanneer sprake is van isotrope belichting. Dit is ui-
teraard alleen het geval voor twee stations die in de richting van propagatie van
het inkomende ruisveld liggen.

Om de signaal/ruis verhouding te maximaliseren hebben we een methode voor
het optellen van de kruis-correlatie functies ontwikkeld (Hoofdstuk 3). We maken
hiervoor gebruik van gemeenschappelijke coherentie van de fase in de verschil-
lende seismogrammen. Omdat we te maken hebben met dispersieve golven is het
belangrijk dit in het tijd-frequentie domein te doen. Deze methode passen we toe
bij de studies in the volgende hoofdstukken.

Met een netwerk van 15 seismometers hebben we 8 maanden aan ruis geme-
ten in het noorden van Nederland. We hebben hiervan de dominante invalsrich-
ting en golfsnelheid gemeten (Hoofdstuk 4). De resulterende dispersiecurves zijn
geı̈nverteerd naar een gemiddeld snelheidsprofiel voor de regio. De interpretatie
dat we in een specifieke frequentieband een boventoon meten, wordt bevestigd
door deze inversie. Deze boventoon heeft een andere invalshoek dan de (langza-
mere) grondtoon, en wordt dus op een andere locatie geëxciteerd. Verder maken
we uit de inversie op dat het aannemelijk is dat we te maken hebben met ani-
sotropie in de bovenkorst. De transversale golfsnelheid is namelijk sneller in de
verticale dan in de horizontale richting.

We eindigen met een tomografische inversie (Hoofdstuk 5), met als doel de la-
terale snelheidsverschillen in het gebied in kaart te brengen. We maken hiervoor
gebruik van de propagatie-eigenschappen tussen de verschillende stations, gevon-
den uit de gemeten ruis. We zijn in staat dit te doen voor verschillende frequenties
van de grondtoon van zowel Rayleigh en Love (oppervlakte) golven, en pogen dit
ook te doen voor één frequentie van de eerste boventoon. Helaas is het ten gevolge
van de lage signaal/ruis verhouding lastig om de boventoon in de individuele seis-
mogrammen te identificeren. Dit resulteert in een lage resolutie en relatief grote
onzekerheid. We concluderen dan ook, dat ondanks de aanwezigheid van boven-
tonen in microseismisch ruis (Hoofdstuk 4), tomografie met boventonen nog erg
lastig is. De belangrijkste aanbeveling teneinde toch gebruik te maken van de
gemeten boventonen is om strikt in de richting van de dominante ruis-richting te
meten. Hiermee offeren we dus een driedimensionaal beeld op voor een tweedi-
mensionaal beeld. Ook is natuurlijk voorkennis van de dominante ruis-richting
essentieel. De voordelen zijn echter substantieel: naast de grotere kans op een
succesvolle identificatie van boventonen, kunnen we met een lange lijn van seis-
mografen een groter frequentie bereik analyseren. Met meerdere van zulke 2-D
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lijnen is het dan alsnog mogelijk een driedimensionaal beeld te verkrijgen.
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Sandrine, Céline, Maisha, Roberta, Marzieh, Pasha, Ali, Bahjat, Jeroen, Steven,
Jellie, Masha, Wieland, Gabriela, Paul, Rob, Arie van den Berg, Rinus, Wim,
Ildiko. I also thank all friends who disturbed me during work in order to get cof-
fee/drinks. It was always appreciated. Finally I want to thank my family for being
great support over the years.

126



Curriculum vitae

2006 - 2011: PhD in Seismology,
Faculty of Geosciences,
Utrecht University, the Netherlands.

2010: Visiting Research intern,
Schlumberger Cambridge Research,
Cambridge, UK

2004 - 2005: Masters research project, Colorado School of Mines,
Department of Geophysics,
Colorado School of Mines, USA.

2000 - 2005: Study of Earth Sciences, specialty Geophysics,
Faculty of Geosciences,
Utrecht University, the Netherlands.

127




