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Abstract

Prediction of the neutralization of anthropogenic CO2 in the oceans and the interpretation of the calcite record preserved
in deep-sea sediments requires the use of the correct kinetics for calcite dissolution. Dissolution rate information from sus-
pended calcite-grain experiments consistently indicates a high-order nonlinear dependence on undersaturation, with a well-
defined rate constant. Conversely, stirred-chamber and rotating-disc dissolution experiments consistently indicate linear kinet-
ics of dissolution and a strong dependence on the fluid flow velocity. Here, we resolve these seeming incongruities and estab-
lish reliably the kinetic controls on deep-sea calcite dissolution. By equating the carbonate-ion flux from a dissolving calcite
bed, governed by laboratory-based nonlinear kinetics, to the flux across typical diffusive boundary layers (DBL) at the sea-
floor, we show that the net flux is influenced both by boundary layer and bed processes, but that flux is strongly dominated by
the rate of diffusion through the DBL. Furthermore, coupling that calculation to an equation for the calcite content of the
seafloor, we show that a DBL-transport dominated model predicts lysoclines adeptly, i.e., CaCO3 vs ocean depth profiles,
observed across the oceans. Conversely, a model with only sediment-side processes fails to predict lysoclines in all tested
regions. Consequently, the past practice of arbitrarily altering the calcite-dissolution rate constant to allow sediment-side only
models to fit calcite profiles constitutes confirmation bias. From these results, we hypothesize that the reason suspended-grain
experiments and bed experiments yield different reaction orders is that dissolution rates of individual grains in a bed are fast
enough to maintain porewaters at or close to saturation, so that the exact reaction order cannot be measured accurately and
dissolution appears to be linear. Finally, we provide a further test of DBL-transport dominated calcite dissolution by success-
fully predicting, not fitting, the in-situ pH profiles observed at four stations reported in the literature.
� 2019 Elsevier Ltd. All rights reserved.
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1. INTRODUCTION

The dissolution of biogenic CaCO3 at the seafloor is cen-
tral to controlling the acidity of seawater on time scales of
decades to millions of years, and this process figures promi-
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nently in creating the geological record of the deep sea (e.g.,
Kennett, 1982; Broecker and Peng, 1982; Sarmiento and
Gruber, 2006; Tyrrell and Zeebe, 2004; Zeebe and Tyrrell,
2019; Boudreau and Luo, 2017; Caves et al., 2016;
Boudreau et al., 2018). The current acidification of the
oceans, via the absorption of anthropogenic CO2, will spur
transient dissolution of CaCO3 across the seafloor (e.g.,
Sulpis et al., 2018). Pre-human acidification events have
occurred many times in the geological past, as recorded in
deep-sea sediments (Zachos et al., 2005; Kump et al.,
2009; Zeebe, 2012). The oceans have recovered from these
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acidification events, in large part because of the neutraliza-
tion capacity afforded by the dissolution of CaCO3 in mar-
ine sediments, even if the response time is long by human
standards, i.e., up to 105 years. Quantitative understanding
of the past and future of the oceanic carbonate system
requires knowledge of the kinetics of CaCO3 dissolution
at the oceanic seafloor.

CO2-acidified seawater reacts with biogenic CaCO3-
tests, overwhelmingly calcite, at the seafloor in a natural
version of the human consumption of CaCO3 antacid,

CO2(aq) + CaCO3 + H2O $ 2 HCO3
� + Ca2þ

which neutralizes the CO2 (the excess acid) and constitutes
a heterogeneous buffering capacity that is vastly larger, if
slower, than available through homogeneous buffering by
the dissolved carbonate system (Broecker and Peng, 1982;
Sarmiento and Gruber, 2006; Boudreau et al., 2018).

The central role of benthic CaCO3 dissolution in regu-
lating the pH of the oceans has spurred much past research
on the kinetics of solid CaCO3 dissolution, particularly of
the mineral calcite, in fresh and seawater solutions. These
studies can be classified largely within two experimental
frameworks: (a) suspended-grain studies and (b) CaCO3-
bed dissolution in a chamber with flow. Below, we explain
that these two forms of experiments provide fundamentally
different information about CaCO3 dissolution kinetics and
that care has not always been exercised in applying their
results to the seafloor.

Experimental dissolution of suspended calcite grains or
spheres in seawater and seawater-like solutions dominates
the existing literature. These studies monitor the dissolved
carbonate chemistry of a calcite-undersaturated solution
with suspended CaCO3 grains/spheres, natural or synthetic,
to obtain the rate of dissolution of the mineral as a function
of the degree of undersaturation. The degree of undersatu-
ration, 1-X (dimensionless), is defined as one minus the
ratio of the calcium and carbonate-ion concentration pro-
duct to the stoichiometric solubility of calcite, K*, at in-
situ temperature and pressure, i.e., X = [Ca2+][CO3

�2]/K*,
or ffi[CO3

�2]/Cs in seawater of essentially constant dissolved
calcium, where Cs is the carbonate-ion concentration at cal-
cite equilibrium.

Suspension of the calcite grains is employed in an effort
to remove the effects of any transport resistance, i.e., diffu-
sion of molecules away from the grains, and thus obtain
pure chemical reaction data, i.e., the rate of detachment
of ions or molecules from the grain surface. Kinetic rates
from dissolving suspended spheres (Peterson, 1966) or cal-
citic tests (Berger, 1967) have been exclusively interpreted
as controlled by mineral-surface reaction rates (Morse
and Berner, 1972; Morse and Arvidson, 2002).

The rate of surface dissolution (Rh) from suspended
CaCO3 grains has, almost universally, been characterized
by a nonlinear dependence on the degree of undersatura-
tion of the surrounding water with respect to calcite
(1 � X), e.g., Morse and Berner (1972), Morse (1978),
Keir (1980), Maldonado et al. (1992), Arakaki and Mucci
(1995), Gehlen et al. (2005a), and Gledhill and Morse
(2006). (We do not consider aragonite in this paper, but
our analysis would result in the same conclusions.) Most
recently, Subhas et al. (2015) have reported high precision
experimental dissolution rate measurements as:

Rh g cm�2d�1
� � ¼ k0hð1� XÞn ’ kh Cs � Cð Þn ð1Þ

where k0h is a heterogeneous rate constant (7.2 ± 0.6 g cm�2

d�1 = 8.1 � 10�11 mol cm�2 s�1 at 20 �C in seawater), n is
the order of reaction, equal to 3.9 ± 0.1 (dimensionless) in
these experiments, C is the ambient carbonate-ion concen-
tration in the surrounding fluid, and kh is an equivalent rate
constant (2.6 � 1019 (cm3/mole)n�1 cm s�1 at 20 �C),
derived from a unit conversion of k0h at constant seawater
calcium concentration. The unit area in Eq. (1) refers to
the unit area of reactive surface of a suspended grain.

The fourth order for n is within the range reported by
Morse (1978) for natural sediments, but higher than the
2.3 ± 0.4 order observed by Gehlen et al. (2005). A high-
order of reaction observed in these suspended-grain exper-
iments indicates that the kinetics of dissolution at the grain
surface controls the overall rate, rather than transport lim-
itations to or away from that grain (Morse, 1978; Morse
and Arvidson, 2002; Naviaux et al., 2019a,b). The assign-
ment of higher-order kinetics for suspended grains has,
however, been challenged by Hales and Emerson (1997),
who found a reaction order close to unity after re-
examination of the Keir (1980) data. Nevertheless, our cur-
rent paper questions neither the validity of nonlinear kinet-
ics for suspended calcite grains, nor the values assigned to
the reaction order and rate constant.

Based on these suspended grain experiments, diagenetic
models have usually represented calcite dissolution in sedi-
ments as controlled by nonlinear kinetics within the bed,
e.g., Schink and Guinasso (1977), Keir (1982), Archer
(1991a,b), Berelson et al. (1994). Such models have often
adjusted arbitrarily the calcite-dissolution rate constant to
reproduce either observed CaCO3-depth profiles or
observed porewater profiles of pH, e.g., Archer et al.
(1989), Berelson et al. (1990, 1994), Jahnke et al. (1994,
1997), Martin and Sayles (1996), Hales and Emerson
(1997), and Zeebe (2007). This approach frequently led to
the conclusion that the rate constant for calcite dissolution
in sediment beds was several orders of magnitude smaller
than that observed in laboratory experiments – see the sum-
mary in Sarmiento and Gruber (2006). This apparent dis-
crepancy has engendered a variety of explanations.
Inhibition of dissolution was commonly invoked. Whereas
there may well be inhibition of dissolution in natural pore-
waters, e.g., Morse and Arvidson (2002) and Naviaux et al.
(2019a), it is also fair to ask if the large rate constant adjust-
ments in these modelling studies actually constitute a form
of repeated confirmation bias: e.g., the kinetics of sus-
pended CaCO3-grain dissolution must be nonlinear, but
to explain the seabed pH data, we are free to adjust the
high-order rate constant until it reproduces the chosen
data, even though the experiments fixed that constant at a
much greater value.

What do CaCO3-bed dissolution experiments say about
the kinetics? Keir (1983) conducted a study in which a
natural deep-sea sediment was spread as a bed across the
bottom of a chamber that was stirred overhead by a disk.
Keir (1983) interpreted the results of his experiments as
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consistent with nonlinear dependency in the degree of
undersaturation, as in his suspended grain experiments
(Keir, 1980). However, a re-examination of the Keir
(1983) experimental data by Boudreau (2013) showed that
Keir’s dissolution rates were statistically indistinguishable
from a first-order dependency on the undersaturation state
of the overlaying seawater. This latter finding encouraged
Sulpis et al. (2017) to recreate a Keir-like experiment and
to demonstrate that the dissolution rate of a calcite bed
was not only statistically indistinguishable from first-order
with respect to undersaturation, but that it was also depen-
dent on the stirring rate of the overlaying seawater. Regre-
tably, a lack of hydrodynamic theory for the Keir-type
reactor limited full interpretation of these results.

At the time of the Keir experiments, Rickard and
Sjöberg (1983) and Sjöberg and Rickard (1983, 1984a,b)
employed a rotating-disc reactor to study the dissolution
of discs and powdered beds of Iceland spar calcite and Car-
rara marble. In this type of experiment, a disc, containing
the sample, rotates at the base of the reactor and there is
no overhead stirrer. The motion of the disc causes the fluid
Fig. 1. Plots of the dissolution rate of a calcite bed in a rotating-disc
dissolution rates (r) as a function of the steady-state undersaturation st
rotation rates (x = 1, 3, and 10 rpm, shown in green, turquoise, and blue,
rotation-rate. (B) Measured dissolution rate as a function of rotation rate,
r values. These results highlight the dominant role of the DBL in contr
experimentally observed mass-transfer coefficients (black dots) with the pr
linear bed kinetics), the sediment-side control limit (ks, blue dashed line, o
control limit (b, the green dashed line), all as a function of the disk rotatio
be under mixed control, but water side dominated. (With permission fro
in the chamber to flow in a coherent manner, which is
described by a well-defined physico-chemical hydrodynamic
model – see Sulpis et al. (2019) for particulars on this point.
These investigators found that the dissolution rate of such
beds remained dependent on the rotation rate for angular
velocities up to �20 rps, which is a relatively fast rotation
rate. Furthermore, they found that calcite dissolution
appeared to be linear and to follow precisely the rate pre-
dicted by the Levich (1962) theory of rotating-disc reactors.

These early rotating-disc results have been largely
ignored by the ocean and marine science communities,
but they should have raised red flags with respect to sea-
floor CaCO3 dissolution. Specifically, what these experi-
ments indicated was that CaCO3 dissolution rates at the
seafloor could be, in whole or part, controlled by bottom-
water hydrodynamics, as current speeds in the deep sea
are relatively slow. Low bottom-water speeds create thick
diffusive boundary layers (DBL), a layer of water adjacent
to the seafloor in which solute transport is dominated by
molecular/ion diffusion – see Boudreau and Guinasso
(1982) or Boudreau and Jørgensen (2001) for a full
reactor, as obtained by Sulpis et al. (2019). (A) Measured calcite
ate of seawater with respect to calcite (1 � X), for three different
respectively). Solid lines are linear regression fits to the data for each
x, for different steady-state X. Dashed lines indicate the theoretical
olling the dissolution rate of these beds. (C) A comparison of the
edicted overall mass-transfer coefficient (k*, solid red line, assuming
btained from Sulpis et al. 2017), and the pure water-side transport
n rate (x). Again, CaCO3 bed dissolution is found experimentally to
m ASLO and John Wiley & Sons.)
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explanation of the DBL. The DBL is much thicker, i.e., on
the order of 1 mm (Boudreau and Guinasso, 1982; Santschi
et al., 1991; Boudreau, 2001) than boundary layers around
suspended individual grains or spheres.

Keeping the above in mind, Sulpis et al. (2019) used a
rotating-disk reactor to measure calcite-bed dissolution
rates at rotation speeds that produce DBLs of thicknesses
of the same order of magnitude as on the deep-sea floor.
These experimental results are unequivocal: bed dissolution
is linear in undersaturation (Fig. 1A), the overall rate for
dissolution follows Levich (1962) transport theory
(Fig. 1B), and that rate is largely controlled by transport
away from the bed at low rotation speeds (Fig. 1C), match-
ing the conclusions reached by Rickard and Sjöberg (1983).
Inescapably, the rate of seafloor calcite dissolution should
be subject to the same controls.

Note for clarity: when speaking of control of the disso-
lution of a bed, we are considering what processes control
the overall flux of the solute at the sediment-water interface
(SWI). The flux at the SWI is created by the combined
effects of the dissolution process in the bed and the diffusion
of that solute in the porewater, i.e., the sediment-side trans-
fer rate. That rate is balanced by the rate of diffusion across
the DBL that overlies the sediment, i.e., the water-side
transfer rate. Whether the flux out of a bed is sediment-
side (Fig. 2A), mixed (Fig. 2B), or water-side controlled
(Fig. 2C) depends on the relative magnitudes of these trans-
fer rates under the actual natural conditions (geometry,
water flow, temperature, etc.). This is something Berner
(1978, 1980) largely ignored with his classification of surfi-
cial geochemical reactions.

The dissolution of calcite on the seafloor occurs within a
porous, but essentially impermeable, bed (Schink and
Guinasso, 1977; Takahashi and Broecker, 1977; Boudreau
Fig. 2. Schematic diagram of the profile of the carbonate ion, expressed in
sea bed for the cases of (A) sediment-side control, (B) mixed control, an
and Guinasso, 1982; Boudreau and Jørgensen, 2001).
Within such a sediment, solutes are primarily transported
through molecular diffusion, driven by concentration gradi-
ents, rather than by the much faster advective transport
occurring in stirred reaction chambers. Bioturbation and
irrigation are not important players in solute transport in
deep-sea porewaters – see Berner (1980), Boudreau (1997),
and Burdige (2006). Furthermore, as noted above, a sediment
bed is overlaid by a DBL at the SWI. The idea that transport
across the DBL influences, if not controls, benthic calcite dis-
solution at seabeds was initially raised by Pytkowicz (1970)
and at first supported by Morse (1974); the concept was then
included in early modelling papers by Schink and Guinasso
(1977) and Takahashi and Broecker (1977), but generally
ignored in many recent papers.

This paper aims to address the inconsistencies detailed
above with regard to seabed CaCO3 dissolution. Here, we
combine the nonlinear kinetics determined by Subhas
et al. (2015), Eq. (1), with transport theory for a seabed
to show that:

(a) a mass balance of fluxes indicates water-side-
dominated mixed control of seafloor CaCO3 dissolu-
tion, and a saturation state of water at the sediment-
water interface significantly closer to saturation
(X = 1) than the value in the overlying waters;

(b) the distribution of the CaCO3 content of sediments
with depth in the oceans, i.e., the lysocline, can be
explained by a mixed, but water-side dominated, con-
trolled model, but not a sediment-side controlled mod-
el. (Our definition of the lysocline contrasts with the
definition used by Berger (1968) and Morse and
Berner (1972), i.e., a single oceanographic depth where
the CaCO3 dissolution rate changes abruptly); and
terms of calcite saturation X, within and above the SWI of a deep-
d (C) water-side control.
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(c) a diagenetic model that assumes water-side-
dominated mixed control predicts observed porewa-
ter pH profiles, without arbitrary alteration of the
kinetic rate constant.

2. INFERRING CONTROL FROM THE FLUX

BALANCE

Considerable insight into the controls on CaCO3 disso-
lution at the seafloor can be obtained simply by considering
the flux of the carbonate ion across the SWI. In this analy-
sis, we make a few assumptions that greatly simplify the
presentation, without compromising the generality of the
results; these are (1) that porosity in the sediment can be
treated as constant, (2) that steady state is a reasonable
approximation, (3) that the amount of CaCO3 in the sedi-
ment is constant with depth in the sediment, i.e., infinitely
fast bioturbation of solids (not porewater), (4) that the con-
centration of the calcium ion can be considered as constant
with time and position, all of which are widely assumed in
diagenetic modelling (Berner, 1980; Boudreau, 1997;
Burdige, 2006), and (5) that only the carbonate ion need
be modelled in this section. This last assumption is a bit
more problematical, but the results in Boudreau (1987) do
not suggest that omission of the other dissolved carbonate
species could alter significantly our conclusions.

Under these conditions, the flux of carbonate ions across
the DBL, FDBL, must balance the flux of carbonate ions at
the SWI created by the CaCO3 dissolution and diffusion of
that ion through porewaters, FS, i.e.,

F DBL ¼ F S ð2Þ
The form of FDBL is linear (Boudreau and Jørgensen,

2001)

F DBL ¼ �b C1 � Coð Þ ð3Þ
where b is the water-side mass-transfer coefficient
(Boudreau and Guinasso, 1982), and b = DCO3/d, where
DCO3 is the (free solution) carbonate ion diffusion coeffi-
cient in seawater at in-situ temperature and pressure, d is
the thickness of the DBL, and b has units of a speed (length
per unit time). (Please do not confuse the b used here with
the b in Dong et al. (2018) or Naviaux et al. (2019a), which
has the same units but is the ‘‘step kinetic coefficient”, an
unrelated quantity.) Co and C1 are the concentrations of
the carbonate ion at the SWI and in the well-mixed water
above the DBL, respectively.

The form of FS that incorporates nonlinear dissolution
kinetics (Subhas et al., 2015) as in Eq. (1), i.e., n > 1, was
derived by Boudreau and Guinasso (1982; see the Note at
that Reference), i.e., their Eq. (6A.15),

F s ¼ �u
2

5

� �1=2

D0
CO3kc Cs � Coð Þnþ1

h i1=2
ð4Þ

where u is the porosity of the sediment, D0
CO3 is the

tortuosity-corrected carbonate-ion diffusion coefficient in
the porewater (Boudreau, 1997; see the Note at that Refer-
ence), Cs is the concentrations of the carbonate ion in equi-
librium with calcite, and where
kc ¼ 1� u
u

� �
khcrqCaCO3B ð5Þ

where kh is as in Eq. (1), r is the specific reactive surface
area of CaCO3 grains in the sediment (cm2 per gram), c is
the number of moles per gram of CaCO3 (0.01), qCaCO3 is
the mass density of CaCO3 (g cm�3), and B is the volume
of CaCO3 in a unit volume of solid sediment, i.e., the volu-
metric fraction (dimensionless).

With Eqs. (3) and (4), Eq. (2) now reads as

b Co � C1ð Þ ¼ u
2

5

� �1=2

D0
CO3kc Cs � Coð Þnþ1

h i1=2
ð6Þ

To make our analysis even clearer, let us convert the
concentrations to degree of saturation, i.e. X = C/Cs, so
that Eq. (6) becomes,

Xo � X1ð Þ ¼ ks
b

1� Xoð Þðnþ1Þ=2 ð7Þ

where

ks ¼ u
2

5

� �1=2

D0
CO3kc Csð Þn�1

h i1=2
ð8Þ

The parameter ks is called the sediment-side mass trans-
fer coefficient (Boudreau and Guinasso, 1982), with units of
cm s�1, i.e., again a speed. Note that ks in Eq. (8) is propor-
tional to the square root of the kinetic rate constant kh of
Eq. (1). A factor of four decrease in kh, due to inhibition,
as advanced by Naviaux et al. (2019a), would be halved
in ks and not alter the essence of the results given below.
In addition, we note that experimental values of ks from
real sediments (Keir, 1983; Boudreau, 2013) are statistically
indistinguishable from laboratory-derived values with arti-
ficial calcite beds (Sulpis et al., 2017) – see Section 4 below.

The ratio ks/b (dimensionless) in Eq. (7) is a measure of
the capacity of the reactive sediment-porewater system to
deliver carbonate ions to the SWI (ks) versus the capacity
of DBL transport (b) to move these ions way from the
SWI. As the denominator and numerator both have units
of speed, the ratio can also be viewed as the speed at which
carbonate ions are delivered to the SWI compared to the
speed at which they can be removed across the DBL. Con-
sequently, if ks/b � 1, then DBL transport is slow com-
pared to the release from the sediment and the rate of
dissolution is said to be water-side controlled (Fig. 2C);
conversely, if ks/b � 1, the speed of supply from the sedi-
ment is much slower than the transport speed across the
DBL, and this situation is said to be sediment-side con-
trolled (Fig. 2A). Intermediate values of ks/b indicate that
both water-side and sediment-side processes influence the
rate of dissolution and the situation is termed mixed control
(Fig. 2B). ks/b has no name, but resembles a Damkohler
number (Boudreau, 1997).

Under water-side control, the balance in Eq. (7)
demands that Xo ’ 1, i.e., that the water at the SWI is close
to saturation with respect to calcite (Fig. 2C); with
sediment-side control, Xo ’ X1, i.e., the saturation of the
water at the SWI is close to that of the water above the
DBL (Fig. 2A). The mixed case generates Xo values
between 1 and X1 (Fig. 2B). Therefore, calculating the
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ratio ks/b and the value of Xo for seafloor conditions can
inform us about the controls on calcite dissolution in
deep-sea sediments.

To obtain ks/b values, the parameter n in Eq. (7) is set to
4, while the heterogeneous rate constant, kh from Eq. (1) is
reduced by a factor of 4 to obtain its value at an average
deep-sea temperature of 2 �C, i.e., equivalent to an activa-
tion energy of �50 kJ mole�1 (Sjöberg and Rickard,
1984b; Boudreau, 2013), which is likely too large, as it is
double the far-from-equilibrium activation energy of
Naviaux et al. (2019b). Porosity is set to 0.8 as typical of
deep-sea sediments; DCO3 is set to 4.6 � 10�6 cm2 s�1

(Boudreau, 1997), the tortuosity of the sediment is set to
1.6. The specific reactive surface area is set to 6.0 � 104

cm2 g�1, which is in the center of the range given by Keir
(1980) and Subhas et al. (2015) but lower than the average
in Gehlen et al. (2005b); the density of the calcite tests is set
to 2.5 g cm�3. The mass transfer coefficient, b, below the
carbonate saturation depth of the open ocean and away
from continents, while variable, is generally in the range
of 5–15 m a�1 or 1.6–4.1 cm s�1 (Boudreau, 2001, 2013;
Boudreau et al., 2010a,b), whereas values over 20 m a�1

were calculated by Sulpis et al. (2018) over ridges and
beneath equatorial currents, but below 5 m a�1 in abyssal
areas. The 5–15 m a�1 range is equivalent to DBL thick-
nesses (d) between 0.1 and 0.3 cm, and in this Section, we
report the transport condition in our figures at these two
limiting d values.

Neither of the final two parameters, Cs and B, are con-
stants; both are functions of oceanic depth; thus, we report
our results as functions of water depth. Carbonate ion con-
centrations in the bottom waters (C1) are computed from
GLODAP v2 data (Key et al., 2015; Olsen et al., 2016).
Because the computed C1 is dependent on the carbonate sys-
tem pair that is used to compute its value (i.e., total alkalinity
and RCO2, total alkalinity and pH, RCO2 and pH, see
Millero, 2007; Naviaux et al., 2019a; Raimondi et al., 2019),
we computed C1 for each of these pairs and used the average.
Only samples within 100 m of the bottom were used. Calcu-
lations were performed in CO2SYS (Lewis and Wallace,
1998; van Heuven et al., 2011), using GLODAPv2 dissolved
inorganic silica and soluble reactive phosphate concentra-
tions, the carbonic acid dissociation constants (K*1 and
K*2) from Lueker et al. (2000) and the HSO4

� dissociation
constant from Dickson (1990). For B values, we use empirical
fits to the surficial (0–10 cm) calcite content data from various
areas of the oceans (see Part 1 of the Supplementary Informa-
tion for illustrations of these fits), extracted from dbSEABED
(Jenkins, 1997; Goff et al., 2008). Cs is calculated from the
equation given by Boudreau et al. (2010a).

2.1. Results

The calculated water-depth distributions of ks/b and Xo

are given in Figs. 3 and 4, respectively, for four distinct
oceanic regions around the globe, i.e., NW and SW Atlan-
tic, S Indian and Central Equatorial Pacific (C Eq Pacific).
These selected regions reflect the range of the dissolved car-
bonate chemistry observed in the oceans; other adjacent
regions provide entirely similar results. The FORTRAN
code for these calculations is reproduced in the Supplemen-
tary Information (SI, hereafter).

2.2. Discussion

The ratio ks/b is at all depths and for both DBL thick-
nesses (1 and 3 mm) far greater than 1, as illustrated in
Fig. 3, reaching as high as 750 with the thicker DBL in the
SWAtlantic and C Eq Pacific, and never falling below 25 with
the thinner DBL in the S Indian. The lowest values of ks/b
occur at the carbonate compensation depth (CCD), defined
operationally here as the depth below which the CaCO3 con-
tent of the sediment falls to 10%. Over the lysocline in each of
the areas, ks/b is typically between 100 and 700. The interpre-
tation of this result is that water-side processes are as much as
750X slower than the sediment-side processes in all the exam-
ined oceanic areas, except nearing the CCD; consequently,
water-side processes dominate the mixed control of benthic
dissolution in the oceans. This does not mean that
sediment-side processes cannot influence deep-sea CaCO3 dis-
solution, but their importance is restricted to depths near or
below the CCD, where ks/b decreases because of reduced B

– see Eq. (5). All this is said without taking into account oxic
organic-matter decay, which produces dissolved CO2 and can
lower the saturation state of porewaters. In general, however,
organic matter decay occurs on a scale much deeper in sedi-
ments than surficial CaCO3 dissolution (see Section 5 below),
so that the above conclusion should remain valid.

Water-side dominance is further illustrated by the pre-
dicted saturation state at the sediment-water interface, Xo,
as seen in Fig. 4. Even though the degree of undersaturation
in the overlying water, X1 (red lines), falls as low as 0.66,
Xo is generally greater than 0.95 through the lysocline
and above 0.9 at the CCD, except in the S Indian, where
it reaches 0.88. Nonetheless, it is safe to say that Xo remains
much closer to saturation, X = 1, than to X1, even under
the most undersaturated of overlying waters.

3. PREDICTING CaCO3 DEPTH-PROFILES

(LYSOCLINES) WITH NONLINEAR KINETICS

As noted above, Morse and Berner (1972) asserted that
the dissolution rate of suspended calcite spheres (Peterson,
1966) or suspended forams or coccoliths (Berger, 1967)
could only be explained by surface-reaction control, as dif-
fusion rates from these bodies were demonstrably faster.
We take no issue with that result. They then stated that
the apparent rapid increase in the rate of dissolution in
the original Peterson (1966) data at about 3850 m depth
in the N Pacific was the result of a nonlinear dependence
of the degree of undersaturation (1 � X) and that this gen-
erated the fall in the CaCO3 content of the sediments below
this depth, culminating in the CCD. (The observed changes
in the dissolution rate of these suspended CaCO3 experi-
ments with changing saturation state of the ambient seawa-
ter may be true, but given the poor quality of the carbonate
system data of that time and the uncertainty in the values of
K*sp, we doubt that a definitive pronouncement about non-
linearity could, in reality, have be made.) In addition,
Takahashi and Broecker (1977) produced results that indi-



Fig. 3. Plots of the parameter grouping ks/b (dimensionless) with oceanic depth for 4 typical ocean regions: (A) NW Atlantic, (B) SW
Atlantic, (C) S Indian, and (D) C Eq Pacific. The two curves in each panel correspond to DBL thicknesses of 1 and 3 mm, spanning the
normal range for the deep oceans. Values of ks/b greater than 1 indicate water-side control of benthic calcite dissolution.
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cated that a ‘‘stagnant film model”, read: water-side con-
trolled model, could not reproduce the lysocline, as it gen-
erated no ‘‘tail” of low CaCO3 values, as observed in real
data. Yet, in the same volume, a model by Schink and
Guinasso (1977) generated a tail of CaCO3 with consider-
able water-side influence; Takahashi and Broecker (1977)
may have been a bit too hasty in their conclusion on this
point, as argued by Boudreau (2013).

Where Morse and Berner (1972) and Berner and Morse
(1974) erred was to extrapolate that the dissolution kinetics
of a suspended sphere apply directly to the seafloor. This
interpretation of the lysocline then permeated the geochem-
ical and oceanographic literature, further propagated by
Berner (1980), Morse (2005), and Morse and Arvidson
(2002). As demonstrated by our calculations above, using
the modern Subhas et al. (2015) dissolution rates, that
assumption is false. In this section, we illustrate that the
lysocline is readily reproduced by a model with water-
side-dominated mixed control and that a model with only
sediment-side control, using the Subhas et al. (2015) rate
equation, invariably fails to generate observed lysoclines.

To predict B, rather than use the CaCO3-depth data to
fix B as in Section 2 above, Eq. (6) needs to be supple-
mented. In particular, an equation that accounts for the
accumulation of CaCO3 is needed, from which B itself
can be calculated. (Note that our logic and approach here
are not circular; we do not use the results of the previous
section to obtain B; all we employ is Eq. (6), which is of
general validity.) The required formula is Eq. (1) in
Boudreau (2013), which states that the difference between
the flux of calcite to the sediment-water interface, FB, and
the rate of dissolution per unit area, FD, must equal the
accumulation rate of calcite in the sediment, i.e.,

F B � F D ¼ 1� uð ÞwqCaCO3B ð9Þ
where (Boudreau, 1997; Boudreau, 2013),



Fig. 4. Plots of the degree of undersaturation of the water at the sediment-water interface as a function of oceanic depth for the 4 same ocean
regions as in Fig. 3. Each panel has two curves for Xo, one for a DBL thickness of 1 mm (black) and the other for a thickness of 3 mm (green).
The saturation of the waters above the DBL (X1) is also plotted (red curve). Note that Xo is distinctly greater than X1 and remains much
closer to saturation at all depths.
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w ¼ F B � F D

1� uð ÞqCaCO3
þ F M

1� uð ÞqM
ð10Þ

Here, w is the sediment accumulation speed (cm s�1),
qCaCO3 is the mass density of calcite, FM is the flux of non-
carbonate materials (g cm�2 s�1), and qM is the mass density
of the non-carbonate solids, mostly clay in the deep-sea
(�2.5 g cm�3). Combining Eqs. (9) and (10), we obtain,

B ¼ F B � F D

F B � F D þ qCaCO3FM
qM

ð11Þ

which is our desired equation for B.

3.1. Results

In the results illustrated in Fig. 5, FB and FM are depth-
independent constants and taken to be typical of the
selected region of the deep-sea (see Boudreau et al.,
2010b). In our calculations, their exact values are varied
modestly between regions to reproduce the calcite content
observed above the calcite saturation depth, i.e., the oceanic
depth where X = 1, in each region – see Table S1 of the SI
for the exact values employed in this Section. FD in Eqs.
(9)–(11) can be set to either FDBL or FS, as the choice is
arbitrary due to the equality in Eq. (2). Solely for mathe-
matical convenience, FDBL is utilized. The values of b in this
section are chosen so as to produce the observed CCD with
mixed (nonlinear) kinetics within the chosen region of the
oceans – see Table S1; these b values are largely within
the range used in Section 2, but three values are below
the stated range (thicker DBLs) and one is above (thinner
DBL). This variability should not be a cause for concern;
ocean currents are spatially (and temporally) variable,
and the deviations do not change the conclusions of the pre-



Fig. 5. Plots of predictions of the lysocline compared to data collected in 9 oceanic regions. The red curve is for transport-dominated (water-
side) mixed control, the green curve represents pure water-side control of the dissolution, and the blue curve is pure sediment-side control,
using the nonlinear kinetic formulation of Subhas et al. (2015) – see Eq. (1) of the text. The mixed control model represents nicely the observed
data in each region, including the ‘‘tail”. The pure water-side controlled model is an excellent approximation in 5 of the 9 cases. The pure
sediment-side controlled model (blue) fails to represent any of the observed lysoclines.
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vious sections. The kh value in our calculations is that
quoted for Eq. (1), corrected for temperature, as above,
and n = 4.

The results of these computations for 9 regions are dis-
played in Fig. 5, in which each panel contains the reported
CaCO3 profile, either from Broecker and Peng (1982) or the
database associated with Goff et al. (2008). Fig. 5 also illus-
trates the model predictions assuming mixed (red curves),
pure water-side (green curves), and pure sediment-side (blue
curves) control.
3.2. Discussion

In each case, a water-side-dominated, mixed-control
model provides the best prediction of the lysocline, i.e.,
red lines in Fig. 5. The mixed model predicts the data trends
in all cases, and it replicates the small tailing of the data at
depth (Schink and Guinasso, 1977; Takahashi and
Broecker, 1977). That tail is generated by the fact that as
B ? 0, kc ? 0, as per Eq. (5). (In natural sediments, tails
can also be created by recalcitrant calcite particles.)
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In 5 of the 9 cases in Fig. 5, the pure water-side con-
trolled model (green lines) is visually close to the mixed-
control lines (i.e., W Eq Atlantic, NE Indian, S Indian,
SW Pacific, and W Eq Pacific), indicating that the rate is
strongly influenced by the DBL mass-transfer rate. Hence,
the water-side model constitutes an acceptable surrogate
for the mixed model in many situations. The water-side
model generates no tail at depth because the controlling
rate parameter b in Eq. (3) is not dependent on B. Never-
theless, as argued by Boudreau (2013), very little of the
accumulation of CaCO3 in deep-sea sediments is contained
within the tail (<3%), so that reproduction of this feature is
not a crucial test of a control model.

On the other hand, prediction of lysoclines does consti-
tute a crucial test, and a pure sediment-side control model
(blue lines) fails to capture any of the lysoclines in Fig. 5.
Given the results in Section 2 of this paper, this last obser-
vation is to be expected.

We can now unequivocally state that the Morse and
Berner (1972) hypothesis that the sediment lysocline is a
result of a nonlinear change in the rate of CaCO3 dissolu-
tion with depth is untrue, if the Subhas et al. (2015) kinetic
results are correct, which we believe is indeed the case. Fur-
thermore, the Morse and Berner (1972) finding that trans-
port (diffusion) is too fast to explain suspended CaCO3

grain dissolution does not apply to the dissolution of sedi-
ment beds because the mass transport geometry and condi-
tions are vastly different between these situations.

4. LINEAR VERSUS NONLINEAR DISSOLUTION

KINETICS WITHIN THE SEAFLOOR

As explained in the Introduction, when one uses a rotat-
ing disc reactor, the apparent sediment-side kinetics are lin-
ear in the degree of undersaturation (Rickard and Sjöberg,
1983; Sulpis et al., 2017, 2019) in the limit of ‘‘high” rota-
tion speeds (water-side limitation removed) – see Fig. 1.
At the same time, suspended sediment dissolution clearly
yields high-order nonlinearity e.g., n = 4 in Subhas et al.
(2015) or a switch from n ’ 0.5 to n = 4.7 in Naviaux
et al. (2019a). Can that contradiction be resolved?

At least two possible explanations come to mind but
there may be others. The first is that the kinetics of CaCO3

dissolution change in a bed to become linear through some
unknown mechanism. For example, inhibition that changes
the order of reaction may occur in real sediments but not in
the artificial beds; yet, the rate constant derived from Keir’s
(1983) experiment with real sediment plugs is essentially
identical to that obtained by Sulpis et al. (2017) for artificial
sediments. While inhibition in real sediments may still play
a role, it does not seem to be the primary explanation for
the apparent change in order.

A second explanation lies with a possible limitation of
any bed-type reactor when relatively fast reactions occur
near equilibrium, as in our case (X > 0.6). The porewaters
in the reactor will be very close to saturation, as demon-
strated above. If we now perturb the overlying saturation
state a bit to induce dissolution and thus measure the over-
all kinetics, the porewaters will rapidly re-adjust to try to
attain saturation, and the exact kinetic response, linear ver-
sus nonlinear, may not be apparent within the sensitivity of
the method because the response is fast. We emphasize that
this suggested mechanism is entirely hypothetical.

On a more concrete level, Eq. (4) shows that the rotating
disc will not indicate an n = 4 (Subhas et al., 2015) or
n = 0.5 (Naviaux et al., 2019a) response to a change in
(1 � X1) but instead an order of (n + 1)/2, which is much
closer to linear. No reactor design is perfect; yet, the rotat-
ing disc is the best simulator for the ocean bottom we pre-
sently have. If the second explanation above is valid, then
predicted lysoclines with linear and nonlinear dissolution
kinetics should be close to identical, and we explore that
point next.

4.1. Results

Here, we wish to compare predicted lysoclines with non-
linear kinetics (Subhas et al., 2015), as given in Fig. 5 for
water-side, mixed and sediment-side controls, with lysocli-
nes predicted using linear dissolution kinetics within the
bed, as generated by rotating-disk experiments at high rates
of rotation (approximating the limit of x ? 1), i.e., trans-
port limitation largely removed. We note that rotating disc
experiments produce values of ks directly and not kh. This
latter fact is in no way a problem, as it is ks we need for
the flux balance, i.e., Eq. (7). This fact also eliminates the
need to know the reactive surface area to convert kh to
ks, as was done in Section 2 of this paper.

Assuming the Keir (1983) experiment is well mixed, i.e.,
no transport limitation, Boudreau (2013) extracted a maxi-
mum ks of �1.12 � 10�3 cm s�1 from that data. Similarly,
Sulpis et al. (2017) obtained a ks of �1.03 � 10�3 cm s�1 as
limit for high stirring velocities, which is essentially identi-
cal to the Keir-based value. In comparison, Rickard and
Sjöberg (1983) obtain ks values (which they call kc) for Car-
rara marble and Iceland spar calcite of 2 � 10�2 and
6 � 10�3 cm s�1, respectively. The rock CaCO3 appears
to be somewhat more reactive, but that may simply be
the effect of a greater specific reactive surface area, rather
than inherent reactivity. A typical value for ks with linear
dissolution kinetics is then chosen to be 1.0 � 10�3 cm s�1

at 20 �C.
Next, ks is proportional to the square root of kh – see Eq.

(4); thus, we halve ks rather than dividing it by 4, as done in
Section 2 above, to correct ks to in-situ temperature, i.e., ks
� 5 � 10�4 cm s�1 at 2 �C. Fig. 6 illustrates the predicted
lysoclines for four oceanic regions generated with linear
sediment-side reaction kinetics. (The other tested regions
generate essentially the same types of plots.)

4.2. Discussion

Like the results in Fig. 5 with the nonlinear kinetics from
Eq. (1), mixed (red lines) and water-side control (green
lines) with linear dissolution kinetics correspond well to
the CaCO3 data in Fig. 6. Again, conversely, the
sediment-side control predictions (blue lines) provide poor
representations of that same data. Furthermore, the linear
dissolution kinetic results are operationally identical to
those with nonlinear kinetics given in Fig. 5, i.e., compare



Fig. 6. Examples of the predictions of the lysoclines in 4 oceanic regions obtained with the linear sediment-side dissolution kinetics, derived
from the rotating disc data of Sulpis et al. (2018, 2019). The data are mean profiles for these regions. The curves correspond to mixed control
(red), sediment-side control (blue) and water-side control (green). Note that the sediment-side curve does not reproduce the observed data in
any of these cases, nor for any other region we tested, while the mixed and water-side curves provide good approximations to the observations.
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the same color lines in the corresponding panels in Figs. 5
and 6. The blue lines in Fig. 6 are essentially at the same
depth positions as in Fig. 5, and the same is true of the
red and green lines. This result means that there will be very
little error in using linear kinetics to model benthic CaCO3

dissolution in sediments, rather than the notionally more
accurate nonlinear kinetics, and we take advantage of that
conclusion in the next section. In addition, if one views the
seafloor as a large bed reactor, then these results support
our hypothesis that the order of a fast dissolution reaction
will be difficult to ascertain in rotating-bed reactors.

5. PREDICTION OF POREWATER pH

As we stated earlier, prediction of the observed (in-situ)
pH of deep-sea carbonate-bearing sediments has been trea-
ted sometimes as a test of our understanding of CaCO3 dis-
solution, e.g., Archer (1991), Berelson et al. (1990, 1994),
Jahnke et al. (1994, 1997), Martin and Sayles (1996),
Hales and Emerson (1997), and Zeebe (2007). Diagenetic
models that ignore DBL-effects need to adjust the dissolu-
tion rate constant to explain their data, which can only be
done by assuming that the laboratory-determined rate con-
stant is somehow altered in natural settings. No data has
been provided that would explain the required reductions
of up to two orders of magnitude. We show instead below
that pH data can be predicted, not simply fit, if water-side
(DBL) processes are included in a pH model, i.e., water-
side-dominated mixed control.

Our diagenetic model for the dissolved carbonate system
and pH in the porewaters of deep-sea sediments (see
Table 1) is similar to that employed by Boudreau (1987),
Archer et al. (1989) and Hales and Emerson (1996). Here,
we assume that: (1) to simplify the solution of the model,



Table 1
Equations of the pH Model*.

(A) In the diffusive boundary layer (DBL):

D1C
00
1 � Rc = 0 (12)

D2C
00
2 + 2Rc = 0 (13)

D3C
00
3 � Rc = 0 (14)

DCaC
00
Ca = 0 (15)

(B) In the sediment porewater:

D1/h
2 C1

00 � Rc + e RO2 e
�ax = 0 (16)

D2/h
2 C2

00 + 2 Rc = 0 (17)
D3/h

2 C3
00 � Rc + kc (Ksp � CCaC3) = 0 (18)

DCa/h
2 CC

00 + kc (Ksp � CCaC3) = 0 (19)

(C) Everywhere, equilibrium of dissolved carbonate solutes:

KC ¼ C2
2

C1C3
(20)

Equilibrium hydrogen ion concentration in the porewater:

CHþ ¼
ffiffiffiffiffiffiffiffiffi
KEC1

C3

q
(21)

(D) Boundary conditions:

(i) known concentrations at the top of the DBL:
Ci = Ci

1 x = �d (22)
(ii) continuity of concentrations and diffusive fluxes at the sediment-water interface:
[Ci]0

� = [Ci]0
+ x = 0 (23)

[C0
i]0
� = [u/h2 Ci

0]0
+ x = 0 (24)

(iii) Disappearance of gradients (fluxes) with great depth in the sediment:
Ci

0 ? 0 x ? 1 (25)

*Where:
x is depth.
i is an index for the solutes, i = 1 for CO2(aq), i = 2 for bicarbonate ion, i = 3 for carbonate ion, i = Ca for calcium ion.
Ci is the concentration of species i.
Di is the molecular/ionic diffusion coefficient of solute i (free solution).
h2 is the squared tortuosity.
u is the mean porosity (0.8).
Rc is the rate of interconversion of dissolved carbonate species.
e is the stoichiometric coefficient for the moles of CO2 produced per mole of oxygen consumed in oxic organic matter decay.
a is a depth attenuation constant for CO2 production by oxic organic matter decay.
RO2 is the rate of O2 consumption by oxic organic matter decay at x = 0.
kc is the (apparent) heterogeneous rate constant for calcite dissolution.
Ksp is the solubility product for calcite.
Kc is the quotient of the first and second stoichiometric dissociation constants for carbonic acid in seawater.
KE is the product of the first and second stoichiometric dissociation constants for carbonic acid in seawater.
[ ]0� indicates the value of a quantity on the water side of x = 0.
[ ]0+ indicates the value of a quantity on the sediment side of x = 0.
Ci

0 indicates a first spatial (depth) derivative of the concentration of species i.
Ci

00 indicates a second spatial (depth) derivative.
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we employ linear dissolution kinetics, with the
experimentally-determined rate constants of Section 4.1;
(2) besides calcite dissolution, only oxic organic matter
decay is assumed to occur, and this reaction can be repre-
sented as an exponentially decreasing source function for
CO2; thus, sub-oxic diagenesis is ignored; (3) porosity is
treated as a mean constant value, i.e., 0.8; (4) steady state
and uni-dimensionality are assumed; (5) the dissolved car-
bonate species are assumed to be in thermodynamic equilib-
rium at all depths; (6) porewater advection, due to burial
and compaction, and porewater bioturbation and irrigation
are ignored; (7) there is a diffusive sublayer on the water-
side of the sediment-water interface of thickness d; (8) the
calcite in the sediment is considered well mixed; (9) any
cross coupling with other solutes (Boudreau et al., 2004)
is ignored; and finally, (10) the hydrogen ion is in equilib-
rium with the carbonate system. Neglecting porosity gradi-
ents near the sediment-water interface, where they are
strongest, may seem questionable, but if the porewaters
are essentially at calcite equilibrium, the implied changes
in calcite content have little effect, and the changes to the
diffusion coefficients are modest. With these assumptions,
an (approximate) analytical solution is possible (see the SI
for details about the solution). The FORTRAN code for
this solution is also contained in the SI.

To investigate the capability of this model to predict
observed porewater pH profiles, the constants in the equa-
tions in Table 1 are preset and not used as free parameters
to fit the data. In particular, the diffusion coefficients are
calculated with the equations in Boudreau (1997); the tortu-
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osity from the mean observed porosity (Boudreau, 1996);
the CO2 production ratio e (b in Hales and Emerson,
1996; not to be confused with our water-side mass-
transfer coefficient) was taken as the Redfield value of
0.77; the stoichiometric solubility product of calcite at 1
atmosphere at 25 �C (K*sp) was obtained from Mucci
(1983), while corrections for the value at in-situ tempera-
ture and pressure were obtained from Millero (1983); stoi-
chiometric constants for the carbonic acid first and
second dissociation reactions were obtained from Millero
(1995), Clegg and Whitfield (1995), with corrections for
pressure effects from Millero (1983) and UNESCO (1983);
the DBL thickness (d) was set to an ocean wide mean value
of 1 mm (Boudreau, 2001; Boudreau, 2013).

Finally, we needed to set the linear rate constant for cal-
cite dissolution in the sediment, kc in our equations. Past
experiments by Keir (1983), as re-interpreted by Boudreau
(2013), and new experiments by Sulpis et al. (2017) provide
values of the sediment-side mass-transfer coefficient, ks, and
this composite parameter is related to kc via Eq. (8). Know-
ing ks from experiments, we can invert this value for kc,
with the specific reactive surface area noted in Section 4.
This inversion is entirely formal as the solution method
turns it back into ks, which is an observed value. The exper-
iments for ks were not conducted at seafloor temperatures
(or pressures), but this does not truly affect our findings –
see Part 4 of the SI.

5.1. Results

The O2 and pH data used in this study originate from
Archer et al. (1989), i.e., their Stations 13 and 14 in the Cen-
tral Equatorial Atlantic, and Hales and Emerson (1996),
i.e., their stations 2A and 2B on the Ontong-Java Plateau
– see Table 2 for relevant input data for these stations. Sta-
tion 3 data are not used because the amount of calcite in the
sediment is not consistent with the reported saturation state
of the overlying waters when compared to the other
Ontong-Java sites, i.e., at X = 0.91, Station 2 reports 90%
CaCO3, while Station 3 at X = 0.75 reports 90% CaCO3,
which is not possible at steady state and assuming similar
sedimentation rates. Station 3 is also anomalous compared
to the Atlantic stations, which also have essentially the
same degree of undersaturation. When used in the model,
the trend in the Station 3 data is replicated, but the absolute
pH value is 0.2 unit higher. We thus chose not to use these
Table 2
Parameters for the selected data sites as obtained from Archer et al. (19

Site Depth (m) Salinity Temp.
(�C)

RCO2

(lM)
Total Alk
(lM)*

13 4950 34.8 2.5 2250 2365
14 5075 34.8 2.5 2250 2365
2A 2322 34.6 2.0 2345 2404
2B 2335 34.6 2.0 2345 2404

* Carbonate alkalinity is calculated by correcting for borate alkalinity.
data. Sediments from these stations all come from below
the calcite saturation depth (X1 < 1) under in-situ T, S
and P conditions. Finally, single exponential fits to the O2

data at these stations, from which the model parameters
a, a depth attenuation constant for CO2 metabolic produc-
tion and RO2, the rate of metabolic O2 consumption, are
illustrated in Part 4 of the SI.

Fig. 7 illustrates the DpH data from the four stations
noted above. DpH is the difference between the measured
pH and the pH in the bottom waters, which is the conven-
tion used in Hales and Emerson (1996). Archer et al. (1989)
calculate, dpH, which is the additive inverse (or negation) of
DpH. The choice of the convention is entirely arbitrary, but
we prefer that higher relative pH values be positive quanti-
ties. The observational data were reported by the original
studies in this manner because of uncertainty in the abso-
lute values of pH. The data are plotted with their original
symbols for easier reference. The red line is the model pre-
diction in each case; no parameter was varied or adjusted
within the model to achieve these results.

5.2. Discussion

Overall, the correspondence between one of the data
trends in each plot and the model is visually good (no quan-
titative measure). At Stations 13 and 14 in the Atlantic, the
model predictions follow the increasing trend in the data,
given as plus signs and solid squares, reasonably closely
and contain a maximum at about 0.05 cm, which also
appears in the data. In these sediments, calcite dissolution
overwhelms the acidification from oxic organic matter
decay and causes the porewaters to alkalinize. In contrast,
at Stations 2A and 2B, the models capture the initial fall
in DpH but deviates from the data at depth, more so at Sta-
tion 2A. DpH is negative at these stations, indicating a dom-
inance of CO2 release in the porewaters from oxic organic
matter decay (Emerson and Bender, 1982). The deviations
further indicate that suboxic diagenetic reactions, i.e., dis-
solved nitrate and solid manganese and iron oxide reduc-
tions, raise the pH at depth as they produce bicarbonate
ions, i.e., alkalinity. We do not suggest that these suboxic
reactions (necessarily) occur in the oxic zone; only that their
bicarbonate metabolic product diffuses up into that layer.
These suboxic reactions are not included in our model
but the predicted near-surface pH changes are certainly
consistent with the observations. Suboxic diagenesis influ-
89) and Hales and Emerson (1996).

alinity Overlying water calcite
saturation
Xc

% Calcite in sediment
Xcalcite

0.76 8–10
0.74 8–10
0.91 �90
0.91 �90



Fig. 7. Comparison between the DpH data and the predictions from a model based on laboratory-derived calcite dissolution rates and overall
water-side mass transfer control developed in the present paper (Table 1). Panels A and B are the data from the Ontong-Java Plateau (Hales
and Emerson, 1996) and Panels C and D are data from the Central Atlantic Ocean (Archer et al., 1989). Data are plotted with their original
symbols, so as to facilitate comparison with the figures in the original references. NOTE: The positional accuracy of the Archer et al. (1989)
profiles is no better than ±0.1 cm. In other words, the sediment-water interface position in these data is only 0 ± 0.1 cm and could be as much
as 0.1 cm above where it is reported or 0.1 cm deeper. We struggled with this problem of positional inaccuracy and came to the conclusion that
the linearity of the pH profiles better suggested that the true sediment-water interface was actually about 0.05 cm deeper at both stations than
reported. Thus, the DBL really extended from about �0.05 cm to +0.05 cm. The break in the pH profile at +0.05 cm is consistent with the
location of the start of CO2 addition in the sediment, i.e., the sediment-water interface. Thus, while we display the results with Archer et al.
(1989) positions, the computations were done with a �0.05 cm shifted axis.
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ence in cores with much lower interfacial/bottom-water
oxygen or higher organic carbon accumulation rates is to
be expected.

Our model predicts pH variations, as can be seen in
Fig. 7, even though the porewaters are at equilibrium with
calcite. Why? To answer, consider the two dissociation
reactions for carbonic acid in seawater:

CO2(aq) + H2O $ HCO3
� + Hþ
HCO3
� $ CO3

2� + Hþ

If we add these two reactions, we obtain a single
reaction involving the hydrogen ion and two carbonate
species,

CO2(aq) + H2O $ CO3
2� + 2Hþ

Assuming equilibrium of the dissolved carbonate spe-
cies, the mass-action law for this third reaction is
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KE ¼ C3C
2
Hþ

C1

ð26Þ

where C1 is the concentration of CO2(aq), C3 is the concen-
tration of the carbonate ion, CH

+ is the hydrogen-ion con-
centration, and KE is a stoichiometric equilibrium
constant. KE equals the product of the equilibrium con-
stants for the first and second reactions listed above. Rear-
rangement of this last equation gives Eq. (21) of Table 1,

CHþ ¼
ffiffiffiffiffiffiffiffiffiffiffiffi
KEC1

C3

r
ð21; repeatedÞ

If the carbonate-ion concentration is at equilibrium with
calcite, and thus equal to the saturation value, i.e., C3 = Cs

in this equation, both the porewater CO2 concentration, C1,
and the hydrogen ion concentration, CH

+ , are free to vary in
accordance with Eq. (21). Consequently, if oxic organic
matter decay generates dissolved porewater CO2, thus
increasing C1 with depth into the sediment, then CH+ will
rise (as a square root function) and pH will fall, even if
C3 is fixed. Equilibrium with calcite does not negate the
existence of pH gradients.

6. SUMMARY OF FINDINGS

Firstly, we advance that the kinetic rate constant for cal-
cite dissolution determined in laboratory studies, such as in
Subhas et al. (2015), apply to the sediment bed of the deep-
sea and cannot be manipulated unjustifiably to smaller val-
ues. Given this proposition, it is then possible to compare
quantitatively the speed of sediment-side supply of dis-
solved carbonate ions, ks, with their water-side transfer
speed through the diffusive boundary layer (DBL), b, i.e.,
the ratio ks/b. This comparison reveals that the value ks/b
in the deep-ocean floor is always much larger than unity
(typically 100–750), thus establishing that the speed of the
carbonate ion transfer across the DBL dominates the con-
trol of calcite dissolution at the deep seafloor (Fig. 3). Con-
sequently, sediment porewaters near the SWI are largely at
or close to saturation with respect to calcite (Fig. 4). These
findings falsify the long-held idea, first proposed by Morse
and Berner (1972), that the observed kinetic control of dis-
solving suspended spheres applies to the dissolution of a
CaCO3-bearing seabed.

Secondly, we show that observed lysoclines are well
reproduced by a water-side dominated mixed-control
model (Fig. 5), i.e., the sediment-side processes only become
important near the CCD (as B ? 0). A model that is
sediment-side controlled and uses the nonlinear Subhas
et al. (2015) rates, i.e., no DBL resistance, fails to reproduce
any observed lysoclines.

Thirdly, rotating disc dissolution experiments most
likely display linear dissolution with respect to undersatura-
tion, 1 � X (Rickard and Sjöberg, 1983; Sulpis et al., 2018,
2019) because the device is not sensitive to the order of reac-
tion for a very fast reaction close to equilibrium. In con-
trast, suspended grain experiments are sensitive to the
order, even if they do not simulate seabed dissolution. Nev-
ertheless, model results predicting CaCO3-depth profiles in
the ocean (lysoclines) are almost identical using either the
nonlinear kinetics for dissolution (Fig. 5) or the linear
kinetics (Fig. 6). Thus, nonlinearity is not a vital aspect in
quantitatively describing seafloor dissolution, and linear
kinetics can be adopted when needed.

Fourthly, we illustrate that a model based on the
observed fast dissolution kinetics for calcite beds (Sulpis
et al., 2017, 2019) leads to reasonable predictions of
observed pH-depth profiles in oceanic porewaters, i.e., no
parameter adjustment – see Fig. 7. Consequently, our the-
ory that calcite dissolution at the deep seafloor is mainly
water-side mass-transfer controlled (Boudreau et al.,
2010a; Boudreau, 2013; Sulpis et al., 2017, 2019) passes a
strong test to its validity.
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