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Samenvatting

Klimaatverandering heeft altijd een belangrijke rol gespeeld op Aarde. Van nature verandert het klimaat
geleidelijk, vaak over een tijdschaal van duizenden jaren. De uitstoot van broeikasgassen door de mens
heeft echter geleid tot een ongeëvenaard snelle opwarming sinds het begin van de industriële revolutie.
De mondiale temperatuur is in de 20e en 21e eeuw met ongeveer een graad gestegen, wat heeft geleid
tot zeespiegelstijging door de uitzetting van oceaanwater dat opwarmt en het smelten van gletsjers
en ijskappen. Verwacht wordt dat klimaatverandering verder versnelt als er niet wordt ingegrepen.
Dit vormt een van de grootste uitdagingen van deze eeuw. In 2015 hebben wereldleiders in Parijs
daarom afgesproken om de uitstoot van broeikasgassen te reduceren en te streven naar een maximale
opwarming van 1.5 ◦C. Om dit te halen zijn verregaande maatregelen nodig. Hiervoor is het cruciaal
om het klimaatsysteem goed te begrijpen.

De poolgebieden vormen een belangrijk onderdeel van het klimaatsysteem. In het noordpoolgebied ligt
de Noordelijke IJszee met land dat er als een krans omheen ligt. Een groot gedeelte van het jaar is
het merendeel van de Noordelijke IJszee bedekt met zeeijs en het land met sneeuw. In het klimaat van
het noordpoolgebied speelt Groenland een belangrijke rol. Groenland is voor 85% bedekt met ijs, dat
op vele plaatsen kilometers dik is. In de ijskap ligt voldoende zoetwater opgeslagen om de mondiale
zeespiegel met gemiddeld 7.4 m te laten stijgen, als deze volledig zou smelten. In het zuidpoolgebied
ligt het continent Antarctica dat ook vrijwel volledig bedekt is met kilometers dik ijs. De Antarctische
ijskap herbergt voldoende water om de zeespiegel wereldwijd met 58 m te laten stijgen. Door de
uitzonderlijk lage temperaturen die er heersen zal dit ijs echter niet snel wegsmelten.

De Groenlandse en Antarctische ijskappen waren in het recente verleden in balans, dat wil zeggen dat
massatoename door middel van neerslag (vooral sneeuwval) in evenwicht was met massaverlies door
het afstromen van smeltwater en het afkalven van ijsbergen. Met name in Groenland is echter in de
afgelopen decennia door opwarming een sterke toename van smelt waargenomen. De poolgebieden
blijken dan ook bijzonder gevoelig voor klimaatverandering; in het noordpoolgebied is de temperatuur
in de 20e eeuw gemiddeld met twee tot vier graden gestegen, beduidend meer dan elders ter wereld. Po-
sitieve terugkoppelingen spelen hierbij een belangrijke rol. Onderzoek naar de poolgebieden is daarom
essentieel om de huidige en toekomstige gevolgen van klimaatverandering te kunnen inschatten.

Een belangrijk proces in het groeien en smelten van een ijskap is de absorptie van energie. De hoe-
veelheid energie die beschikbaar is voor het opwarmen en vervolgens smelten van het sneeuwpakket
wordt gedicteerd door de balans van neer- en opwaartse energiestromen. De belangrijkste energiebron
is de absorptie van zonlicht. In het geval van een schoon, vers sneeuwoppervlak wordt het grootste deel
van het zonlicht echter gereflecteerd (waardoor het wit is), en draagt daarom slechts in beperkte mate
bij aan de opwarming van het sneeuwpakket. Dit verandert als de sneeuw ouder wordt of smelt. De
reflectiviteit van sneeuw, ook wel albedo genoemd, hangt af van verschillende processen die gerelateerd
zijn aan de staat van de sneeuwlaag, zoals de korrelgrootte van de sneeuw, en aan de eigenschappen
van het inkomende licht, zoals de kleur. De albedo vormt een zeer belangrijke schakel in de ontwikke-
ling van een ijskap, mede omdat er verschillende terugkoppelingen aan verbonden zijn, zoals de sterke
sneeuwsmelt-albedo terugkoppeling.

v
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Smeltwater speelt een belangrijke rol in de sneeuwsmelt-albedo terugkoppeling. Aangezien vloeibaar
water veel inkomende zonnestraling absorbeert, daalt de albedo zodra smeltwater wordt gevormd aan
een sneeuwoppervlak. Vaak herbevriest een gedeelte van het smeltwater in het sneeuwpakket, wat re-
sulteert in een toename van de korrelgrootte van de sneeuw, waarvoor de albedo ook lager wordt. Het
donkerder worden van het sneeuwoppervlak zorgt vervolgens weer voor meer energieabsorptie, wat kan
leiden tot meer smelt, waardoor er sprake is van een zelfversterkend effect en een positieve terugkop-
peling. Albedo speelt dus een cruciale rol in het klimaat van met sneeuw en ijs bedekte gebieden. In dit
proefschrift onderzoeken we daarom hoe we het beste de albedo van sneeuw en ijs kunnen berekenen,
en bepalen de effecten hiervan op de ijskappen van Groenland en Antarctica.

We gebruiken computermodellen om het klimaat (en dus ook de albedo) van de Groenlandse en An-
tarctische ijskappen na te bootsen. Zulke computermodellen zijn in staat om het klimaat te berekenen
voor de hele ijskap. Doordat metingen op ijskappen vaak schaars zijn, vullen modellen dus de leemtes
in en helpen met het interpreteren van de waarnemingen. Bovendien zijn deze modellen in staat om het
klimaat van het verleden en heden na te bootsen en projecties van de toekomst te maken. Het model
dat we gebruiken in dit proefschrift is het regionale atmosferische klimaatmodel RACMO2. Net als een
model waarmee de weersverwachting wordt opgesteld, berekent dit model atmosferische variabelen zo-
als neerslag en temperatuur. RACMO2 gebruikt bovendien een doorontwikkelde sneeuwmodule en is
succesvol gebruikt om in hoge ruimtelijke resolutie het klimaat en het sneeuwpakket van de ijskappen
van Groenland en Antarctica te simuleren. RACMO2 toont bijvoorbeeld waar massaverlies aan het
oppervlak van de ijskappen plaatsvindt.

Er is echter ruimte voor verbeteringen; sommige processen zijn in RACMO2 nog relatief eenvoudig
gemodelleerd, zoals de albedo, en hiervoor is een nieuwe, meer op natuurkundige principes gebaseerde
beschrijving wenselijk. Het doel van dit onderzoek is het implementeren van een nieuw sneeuwalbedo-
schema in RACMO2 en het analyseren van de gevolgen dat het schema heeft op de ontwikkeling van de
ijskappen van Groenland en Antarctica. We introduceren nieuwe beschrijvingen van fysische proces-
sen door het spectrale (kleurafhankelijke) sneeuwalbedo-schema TARTES in RACMO2 in te bouwen.
Daarmee wordt niet alleen het spectrale karakter van albedo expliciet berekend, maar ook de absorptie
van zonlicht in de onder het oppervlak gelegen sneeuwlagen.

Helaas is het onmogelijk om de albedo voor iedere golflengte (kleur) te berekenen met TARTES en
dit vervolgens te gebruiken in RACMO2. RACMO2 maakt namelijk gebruik van spectraalbanden, dit
zijn banden waarin de energie van verschillende golflengtes van het inkomende zonlicht samengevoegd
worden, en TARTES is niet in staat om de albedo te bepalen voor zulke banden. Toch is het noodzake-
lijk om voor elk van deze spectraalbanden een geschikte albedo te vinden. Om dit te bereiken hebben
we het koppelingsschema SNOWBAL ontwikkeld, dat TARTES aan RACMO2 koppelt. In SNOWBAL
bepalen we een representatieve golflengte voor elke band, waarvoor TARTES de albedo kan berekenen.
De representatieve golflengte hangt echter af van verschillende processen die samenhangen met de heer-
sende omstandigheden aan het oppervlak, denk bijvoorbeeld aan bewolking of hoe hoog de zon boven
de horizon staat. In dit proefschrift tonen we de stappen die genomen zijn om tot dit koppelingsschema
te komen, welke processen relevant zijn, en evalueren we de resultaten.
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We vervolgen het proefschrift met de evaluatie van de nieuwe RACMO2 versie voor de Groenlandse
ijskap. Hiervoor gebruiken we lokale waarnemingen en satellietmetingen, en vergelijken de resultaten
met de vorige RACMO2 versie. We laten zien dat processen die afhangen van de sneeuw- en ijsalbedo
realistischer worden gemodelleerd dan voorheen. Gemiddeld komen de satellietmetingen dan ook zeer
goed overeen met de gemodelleerde albedo. De verschillen zijn echter wel groter nabij de rand van de
ijskap, waar modelresolutie en ijs zonder verse sneeuwbedekking een grote rol spelen.

Ook evalueren we het oppervlakteklimaat van de Groenlandse ijskap in de nieuwe RACMO2 versie.
Een van de belangrijkste verbeteringen is dat absorptie van zonlicht onder het oppervlak leidt tot ho-
gere sneeuwtemperaturen, wat beter overeenkomt met metingen. Een belangrijk gevolg hiervan is dat
smelt nu ook kan plaatsvinden onder het sneeuwoppervlak. Tevens laten we zien dat de oppervlakte
massa- en energiebalans goed overeenkomen met waarnemingen. Smelt is op verschillende plaatsen
wel toegenomen, maar dat wordt grotendeels gecompenseerd door herbevriezing in het sneeuwpakket,
en leidt dus niet tot massaverlies.

Een interessant resultaat voor de Antarctische ijskap is dat de gemodelleerde temperatuur en smelt zeer
gevoelig blijken te zijn voor de geïmplementeerde veranderingen. Zonder verdere kalibratie geeft het
model een overschatting van de temperatuur en een te sterke toename van smelt. Vergeleken met me-
tingen wordt smelt zelfs met een orde van grootte overschat. Wanneer we verschillende onderdelen van
het sneeuwschema aanpassen, blijken de modelberekeningen voor temperatuur en smelt aanzienlijk te
verbeteren, maar dit resulteert wel in enige compenserende fouten in de energiebalans. Vergelijkbaar
met Groenland leidt de absorptie van zonlicht onder het oppervlak wederom tot hogere sneeuwtempe-
raturen, wat overeenkomt met metingen, en dit is een van de belangrijkste verbeteringen in het model.

Samengevat hebben we een nieuw spectraal sneeuwalbedo-schema ingebouwd in het regionaal klimaat-
model RACMO2, en hebben we dit schema vervolgens getest. De toepassing van het nieuwe schema
op de Groenlandse en Antarctische ijskappen heeft geleid tot vele nieuwe inzichten. De introductie van
de verbeterde fysische beschrijving van de albedo heeft een positieve invloed op de kwaliteit van de
modelsimulaties. Met dit onderzoek hopen we bij te dragen aan verbeterde verwachtingen van toekom-
stig massaverlies van de ijskappen, en de daarmee samenhangende zeespiegelstijging. We moedigen
de collega-onderzoekers dan ook aan om de nieuwe resultaten en de methodes uiteengezet in dit proef-
schrift in hun eigen onderzoek te gebruiken.



1
Introduction

In this Chapter, we introduce the ice sheets of Greenland (Sect. 1.1.1) and Antarctica (Sect. 1.1.2) by
providing a brief historical overview and discussing their geography and climatological characteristics.
In Sect. 1.2 we introduce the current climate of both ice sheets, which is followed by the introduction
of the surface mass balance (Sect. 1.3) and surface energy budget (Sect. 1.4). In Sect. 1.5, we present
the albedo and radiative transfer theory in snow and ice. Regional climate modeling is introduced in
Sect. 1.6, where we also present the Regional Atmospheric Climate Model RACMO2. A short overview
of this thesis is provided in Sect. 1.7.

1



2 1. Introduction

1.1 History and geography

1.1.1 Greenland

The first humans to ever set foot on the land of the polar bear and musk ox, Greenland (Fig. 1.1),
were nomadic tribes from the North American mainland, traversing the frozen sea to reach the largest
island of the world as early as 2500 BC (Grønnow, 1988). In the following centuries, various Inuit
peoples settled on the tundra around the Greenland ice sheet. This ice mass is located in the interior and
covers about 80% of Greenland’s surface. Initially, settlement was limited to the northern coast, and
was followed by settlement on the western and southern tundras.

The first European sighted the island in the tenth century AD, when Gunnbjønn Ulfsson led a Norwegian
vessel from Norway to the Norse settlements on Iceland, but was sent adrift by a storm. As Greenland
is part of the North American continent, Ulfsson is arguably the first European to discover the New
World. The first Norse settlements were established in the 980s in an uninhabited part of southwestern
Greenland by the viking Erik Thorvaldsson, also known as Erik the Red, arriving from Iceland. It is
speculated that Erik the Red called his newly found home Greenland in order to attract more settlers.
Some of the settlements survived for many centuries and were eventually incorporated into the Kingdom
of Norway. In the late 1400s the Norse settlements disappeared, likely due to the inability of the local
population to adapt to the harsh climatic conditions of the Little Ice Age (Arneborg et al., 2002), and
European contact with Greenland was lost. The Kingdom of Norway, however, never relinquished its
claims and after forming a personal union with Denmark in 1380, the Danish inherited its claim.

In the following centuries, English, Dutch and other European whalers occasionally visited the island,
but no permanent settlements were established. Renewed interest in Greenland arose in the eighteenth
century, when various colonies were established by Denmark-Norway. After Norway’s independence,
both nations claimed sovereignty over the island, but it was eventually granted to Denmark. To this day,
Greenland is part of the Kingdom of Denmark, but home rule was established in 1979 and extended
autonomy given in 2009. Since the second halve of the twentieth century, the Danish, together with
multiple institutes around the world, have invested heavily in scientific research on Greenland and have
set up measurement stations to monitor the tundra, ice caps, glaciers and ice sheet.

Geographically, Greenland is located between 59-84◦N and between 11-73◦W in the Arctic region
and is part of the North American continent (Fig. 1.1). With a surface area of 2.17 million km2,
Greenland is 2.5 times larger than the second largest island of the world, New Guinea. It is surrounded
by Baffin Bay and the Labrador Sea in the west, Denmark Strait, the Greenland Sea and Fram Strait
in the south and east and the Arctic Ocean in the north. Semi-permanent sea ice is found along the
northern and northeastern coast in the Arctic Ocean and Fram Strait, extending to Baffin Bay and the
Greenland Sea in winter. The nearest land masses are Iceland to the southeast, Svalbard to the northeast
and the Canadian Arctic Archipelago, with Baffin and Ellesmere Islands to the west, of which the latter
is only separated from Greenland by a narrow strait. Currently, 80% of the island is covered by the
Greenland ice sheet (GrIS), which is surrounded by several smaller ice caps and tundra. Ice terminates
on land or in glaciers located in fjords, where it either melts or calves off forming ice bergs. The
margins of the GrIS are characterized by a rough surface due to melt and internal stresses, creating
features like crevasses, meltwater rivers, lakes and moulins (Fig. 1.2a). The GrIS gradually thickens
inland, its surface becoming more homogeneous and flat (Fig. 1.2b), eventually reaching an elevation
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Figure 1.1: Satellite image of Greenland and its surroundings. Observational sites used in this study
are also shown. The Greenland ice sheet and its neighbouring ice caps are highlighted with a red
contour.
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Figure 1.2: (a) Rugged ice surface in southwest Greenland, close to the margin of the GrIS. A melt-
water river flows into a moulin (meltwater shaft). (b) The GrIS farther inland, its surface becoming
flatter and more homogeneous.

of 3205 m above sea level at Summit in the interior (Shuman et al., 2001). A vast amount of fresh water
is stored in the GrIS, which would raise average global sea level by approximately 7.4 m if melted
entirely (Morlighem et al., 2017).

1.1.2 Antarctica

For many centuries, European explorers have searched for a fabled southern continent, Terra Australis,
speculated to be rich in resources and suitable for a lucrative trade. It was argued that the continental
masses of the northern continent should be balanced by a large continent in the southern hemisphere
(Eisler and Eisler, 1995). For decades, the land south of the Straits of Magellan were thought to be
part of a southern continent, until the Dutch navigators Schouten and Le Maire rounded the southern
tip in 1616, proving that these lands are an archipelago and not a continent, which became known as
Tierra del Fuego. After the discovery of what is now known as Australia in 1606, it was thought that the
fabled southern land was found. Abel Tasman, however, circumnavigated parts of continental Australia
in 1642, proving that this continent is considerably smaller than anticipated, so the search for Terra
Australis continued. In the following decades, several expeditions, including three voyages of James
Cook, proved that no major land mass existed west of South America. The only unexplored regions
where this land mass could exist was south of Cape Horn, but the Southern Ocean proved to be difficult
to traverse, as was recorded by ships blown off coarse, encountering ice bergs and sea ice. Some of
these ships reported sightings of snowy mountain peaks, which could have been the first discovery of
the Antarctic mainland as early as 1599, but also could have been some Antarctic islands, like the South
Shetland Islands. As any land that might exist south of 60◦S would likely have had little economic value,
the interest diminished and the name Terra Australis was eventually used for continental Australia.

Renewed interest arose to find land opposite to Arctica, i.e., Antarctica, in the 19th century, when a
British expedition discovered several Antarctic islands in 1819. The Russian expedition led by Von
Bellinghausen and Lazarev sighted the Antarctic mainland for the first time, observing ice shelves,
floating ice towering tens of meters above the sea surface, surrounding what is now known as Queen
Maud Land in East Antarctica (Fig. 1.3). In the following decades, more discoveries were reported,
including the Antarctica Peninsula, major ice shelves in West Antarctica and the first landings on the
continent. More expeditions were planned in the second half of the 19th century to explore the interior,
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Figure 1.3: Satellite image of Antarctica. Observations are available at the small black dots, the red
numbered squares and at Neumayer and Dome C.

starting the Heroic Age of Exploration. These expeditions made several important discoveries, like
the East Antarctic plateau and the location of the magnetic South Pole, but were often dangerous,
sometimes with deadly consequences. The Heroic Age of Exploration ended when the geographical
South Pole was reached by the Norwegian explorer Amundsen in 1911. Several nations have claimed
sovereignty over parts of Antarctica, but Antarctica has effectively been declared terra nullius by the
Antarctic Treaty of 1959, signed by most claimants.
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Antarctica is located almost completely south of the Antarctic circle and has a surface area of 14.2 mil-
lion km2, approximately twice the size of Australia and more than 6.5 times larger than Greenland, and
is surrounded by oceans that are covered with sea ice most of the year. The Antarctic ice sheet (AIS)
covers 98% of the surface area, holding enough water to raise average global sea level by 58.3 m
(Fretwell et al., 2013). The continent can be split in three distinct areas: the Antarctic Peninsula (AP),
West Antarctica and East Antarctica, the latter two separated by the Transantarctic Mountains (Fig. 1.3).
The AP is a relatively narrow strip of land, extending northward perpendicular to the Antarctic circum-
polar current. Several ice shelves, i.e., floating extensions of the grounded ice sheet, are located on its
western and eastern shores, but some have broken up in the last decades (Banwell et al., 2013; Scambos
et al., 2013). West Antarctica is characterized by an ice sheet (WAIS) and two major ice shelves: the
Ross and Filchner-Ronne ice shelves. East Antarctica is characterized by the East Antarctic plateau,
an ice sheet (EAIS) with a thickness of up to 4776 m (Drewry, 1983), extending to the coast where it
forms multiple smaller ice shelves, including the Amery ice shelf (Fig. 1.3). Ice shelves fringe 75% of
the Antarctic coastline (Rignot et al., 2013).

1.2 Current climate

Greenland has been (partly) glaciated for a long time, at least to some extent for 38 million years (Alley
et al., 2010). Currently, all of Greenland has a polar climate, with the average temperature of each month
below 10 ◦C, and is either classified as tundra (ET in the Köppen classification) or ice cap (EF) climate
(Beck et al., 2018). The yearly-averaged temperature is below freezing for virtually the entire island
(Box, 2002; Hanna et al., 2020). There are, however, strong regional differences. For example, the
annual temperature is -5.8 ◦C near Kangerlussuaq in western Greenland close to the ice sheet margin
(S5 of Fig. 1.1, Smeets et al. (2018)), while at Summit, the highest point of Greenland, the annual
temperature is -29.7 ◦C (Fig. 1.4a, Box (2002)). Even in summer, the average temperature at Summit
is below -10 ◦C, and melt events in the interior are therefore rare. Melt is abundant around the margins,
as summer temperatures often reach the melting point.

Precipitation intensity also varies considerably (Fig. 1.4b). Snowfall on the southeastern GrIS is typi-
cally several meters a year, covering the ice sheet in fresh snow almost year-round despite the high tem-
perature. Figure 1.4b, for example, shows that the southern tip of Greenland receives over 2000 mm wa-
ter equivalent (w.e.) of precipitation in a year. In comparison, the Netherlands receive an annual average
precipitation of approximately 800 mm (Daniels et al., 2014). The polar jet stream, situated at an al-
titude of about 10 km and transporting air masses from west to east, persistently provides moisture to
southern Greenland. Precipitation is further enhanced by orographic lifting, when air is pushed upwards
in over the ice sheet, which typically occurs in southeast Greenland. Other regions that are out of reach
of the moisture-rich air masses receive significantly less precipitation, like the interior and the northeast
(Mernild et al., 2015), with precipitation rates below 200 mm w.e. per year.

Antarctica has been located in the high latitudes of the southern hemisphere since Cretaceous times
(Lawver et al., 1992). Vast ice sheets developed when CO2 concentration and global temperature
dropped approximately 34 million years ago (DeConto and Pollard, 2003). This was further enhanced
by the opening of the Drake Passage between South America and Antarctica, which thermally isolated
the continent as heat transport from lower latitudes became limited by the Antarctic circumpolar current
(Rintoul et al., 2001).
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Figure 1.4: (a) Climatological yearly-averaged 2-m temperature (T2m) and (b) yearly-accumulated
precipitation in mm water equivalent (w.e.) per year for 2005-2018 as determined by the regional
climate model RACMO2.3p3.

Currently, the climate of almost all of Antarctica is considerably colder than Greenland (Fig. 1.5a).
As the continent is situated almost completely within the Antarctic circle, only limited solar radiation
is available to heat the surface in winter. Also, 80-90% of the solar radiation is typically reflected
(Gallet et al., 2011), as the surface reflectivity (albedo), is high, further limiting the energy available for
heating. Furthermore, surface temperatures are lowered due to the high altitude of the AIS. Combining
these effects results in extremely low temperatures in winter, with the lowest temperature ever recorded
on Earth observed at Vostok station (3489 m above sea level) on the EAIS: -89.2 ◦C (Turner et al.,
2009). Summer temperatures are also low for both the WAIS and EAIS, and melt is therefore limited
to the margins and the lower-lying ice shelves. Most precipitation falls around the ice sheet margin
(Fig. 1.5b), where large elevation gradients cause orographic lift, especially on the WAIS. The interior,
however, is a polar desert, as precipitation drastically decreases to values below 30 mm w.e. per year,
as only dry air advances past the margins.

The AP is on average the mildest region of Antarctica (Fig. 1.5a), with annual temperatures close
to the melting point at the northernmost tip (Cook and Vaughan, 2010). This is also where the highest
confirmed temperature of continental Antarctica has been recorded on 6 February 2020: 18.4◦C (WMO,
2020). Relatively warm and moist air arrives at the western shores of the AP, where it is orographically
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Figure 1.5: (a) Climatological yearly-averaged 2-m temperature (T2m) and (b) yearly-accumulated
precipitation in mm water equivalent (w.e.) per year for 1985-2018 as determined by the regional
climate model RACMO2.3p3.

lifted by the tall but narrow mountain range. Consequently, excessive snowfall occurs in the western
AP (Fig. 1.5b), but precipitation is significantly reduced on the lee side, i.e., eastern AP. On the eastern
side, where barrier winds transport cold air northwards, the average annual temperature can be as low
as -15◦C (Cook and Vaughan, 2010), leading to a strong east-west temperature gradient. Nonetheless,
temperatures reach the melting point frequently in summer in the low-lying areas in both western and
eastern AP.

1.3 Mass balance

Mass (m) loss or gain of an ice sheet as a function of time (dm/dt) can be separated in two main
processes: 1) the spatially integrated net contribution of surface processes, expressed as the surface
mass balance (SMB) and 2) total ice discharge (D), i.e., the flow of ice into water where it eventually
breaks away by calving, forming ice bergs. Ignoring basal melt and assuming the grounding line (where
the ice becomes afloat) to remain unchanged, the ice sheet mass balance dm/dt (in Gt yr−1) can be
expressed as:

dm
dt

= SMB−D. (1.1)

Some surface processes contribute to mass gain, i.e., snowfall (SN) or rain (RA), but others induce mass
loss, i.e., sublimation (SU), drifting snow erosion (ER) and runoff (RU). RU includes rain, condensation
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and meltwater that is not refrozen or retained in the snowpack. The SMB can hence be positive or
negative. Here, we adopt the following definition of the specific (local) SMB (SSMB), in mm w.e. yr−1:

SSMB = SN+RA−SU−ER−RU. (1.2)

Strictly speaking, this definition of the SSMB represents the climatic mass balance, as internal accu-
mulation is included (Cogley et al., 2011). Locations with a yearly-averaged positive (negative) SSMB
represent the accumulation (ablation) zone. Both zones are separated by the equilibrium line, where
SSMB = 0. Typically, the accumulation zone of an ice sheet is located in the higher-elevated interior
and the ablation zone is often a relatively narrow strip along the margins, where snow and ice melt
dominate.

Currently, the SMB of the GrIS is positive (306 ± 120 Gt yr−1 for 1991-2015, Van den Broeke et al.
(2016)). The SSMB varies considerably by region. The accumulation zone of the interior only receives
limited precipitation (170-200 mm w.e. yr−1 near Summit, Ettema et al. (2009); Koyama and Stroeve
(2019)), but still dominates the SSMB, as RU is mostly small or zero and also SU and ER are consid-
erably smaller (Van den Broeke et al., 2016). Significant melt can still occur in the interior, e.g., the
record-breaking melt events during the summer of 2012 and 2019 that brought melt to almost the entire
ice sheet (Nghiem et al., 2012; Bennartz et al., 2013; Tedesco et al., 2013; Tedesco and Fettweis, 2020).
This melt, however, does not lead to runoff, as it is either retained or refrozen within the snowpack.
Snow and ice melt leading to runoff dominate the SSMB around the margins of the GrIS, especially in
the warmer southwest (Fig. 1.4a), where runoff locally leads to ablation of up to 3 m w.e. yr−1 (Van den
Broeke et al., 2016). The ablation zone consequently only has a seasonal snow cover. For the southern
GrIS, the high precipitation rates (1-3 m w.e. yr−1, Auger et al. (2017)) mitigate melt despite its low
latitude.

During pre-industrial times, D leading to iceberg formation exceeded ice sheet integrated RU on Green-
land. Precipitation compensated the total mass loss and as a result, the GrIS has been relatively stable
during most of the twentieth century. However, atmospheric and ocean temperatures have increased in
the past decades (Hanna et al., 2020), increasing runoff and decreasing SMB and D (Van den Broeke
et al., 2016). The resulting mass loss contributed to a mean sea level rise of 10.8 mm between 1992
to 2018 (Shepherd et al., 2020). Increased melt has also enhanced the relative contribution of surface
processes to mass loss, but ice discharge is still larger than the ice-sheet integrated RU (Enderlin et al.,
2014; Kjeldsen et al., 2015; Mouginot et al., 2019). Furthermore, the thermohaline circulation in the
Atlantic Ocean that warms the climate of Western Europe, can potentially slow or even stop due to the
addition of large quantities of fresh meltwater. It is, however, deemed unlikely that the GrIS would melt
enough in the twenty-first century to alter the thermohaline circulation significantly and induce abrupt
climate change (Jungclaus et al., 2006), although this topic is hotly debated.
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Virtually all of the AIS is accumulation zone. Large regional variations occur, however, as the SSMB
can be as high as 3 m w.e. yr−1 in the AP (Van Wessem et al., 2016), or as low as 10 mm w.e. yr−1 on
the East Antarctic Plateau (Van Wessem et al., 2014). Although some runoff occurs on the ice shelves
and in the AP, melt almost completely refreezes or is retained in the snowpack. Averaged over the
AIS, precipitation is one order of magnitude larger than sublimation and wind erosion (Van Wessem
et al., 2014). Therefore, mass loss by ice discharge over the grounding line into ice shelves is the
dominant process that balances precipitation (Rignot et al., 2019). In a warming climate, ice shelves
are typically thinned from beneath by relatively warm ocean water, causing enhanced melt. Thinning
can eventually destabilize the ice, leading to ice shelf disintegration. Ice shelves play an important
buttressing role by reducing the outflow speed of grounded ice (Dupont and Alley, 2005). As ice shelves
thin or disintegrate, the buttressing effect is reduced and ice flows quicker into the ocean, increasing
discharge and initiating mass loss. The collapse of the Larsen A and Larsen B ice shelves in the AP in
1995 and 2002 shows that Antarctic ice shelves are vulnerable to climate change. Cook and Vaughan
(2010) show that the -9◦C annual mean surface temperature isotherm represents the limit of viability
for an ice shelf, making the Wilkins ice shelf in the western AP and Larsen C in the eastern AP the
next targets of climate change. Extensive research is currently ongoing into the processes involved in
ice-shelf stability (DeConto and Pollard, 2016; Edwards et al., 2019). The stability of the WAIS to
a warmer climate is also investigated (Sutter et al., 2016), as the majority is located below sea level
(Vaughan, 2008) on a bed that slopes upward in the flow direction. This makes the WAIS vulnerable
for marine ice sheet instability, resulting in a rapid retreat (Joughin and Alley, 2011).

1.4 Surface energy budget

Heating is an important process in a snowpack, as it may lead to melt. Energy available for heating is
determined by the surface and subsurface energy budget, i.e., the sum of incoming and outgoing energy
fluxes. Incoming solar radiation is characterized by its short wavelength (SWd, 0.2-3 µm), and is the pri-
mary source of melt energy (Van den Broeke et al., 2011). Snow surfaces have a relatively high albedo,
i.e., shortwave reflectivity, resulting in a large upward shortwave flux (SWu). Some of the reflected
radiation interacts with the atmosphere and is scattered back, but the majority escapes to space. The
albedo determines the shortwave radiation available for absorption in the snowpack, and is discussed in
more detail in Sect. 1.5. The surface loses energy by emission of longwave radiation (3-100 µm, LWu).
Particles in the atmosphere also absorb and emit longwave radiation, which is partly directed to the
surface and contributes to the energy budget as an energy source (LWd). Furthermore, turbulence can
exchange energy from the surface to the atmosphere and vice versa. Its chaotic nature makes it diffi-
cult to explicitly model. The net exchange of energy by turbulence can be estimated by combining the
velocity, temperature and moisture fluctuations in the air. This yields the sensible heat flux (SHF), i.e.,
the direct exchange of heat, and the latent heat flux (LHF), i.e., the release or absorption of energy by
the change of state of water without a temperature change. Figure 1.6 schematically shows the energy
fluxes.

Energy can also be exchanged with snow layers beneath the surface, the ground heat flux (Gs). When
the temperature of a glaciated surface has reached the melting point, the residual energy is used for
melt (M). In this study, we use the following definition of the energy budget for such a surface:
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Figure 1.6: Sketch of energy fluxes in the climate system (Figure from:
https://www.ecmwf.int/en/research/modelling-and-prediction/atmospheric-physics).

M = LWd +LWu +SWd +SWu +SHF+LHF+Gs, (1.3)

= LWnet +SWnet +SHF+LHF+Gs. (1.4)

Fluxes are defined positive towards the surface and are expressed in W m−2. If no melt occurs, M = 0.
Shortwave radiation can penetrate through the surface skin layer, resulting in internal heating (Sect. 1.5).
Furthermore, meltwater can percolate to deeper layers where it can refreeze and release energy.

1.5 Radiative transfer in snow and albedo

The shortwave reflectivity or albedo is one of the most important parameters that determine the devel-
opment of an ice sheet (Gardner and Sharp, 2010; He and Flanner, 2020). A drop in albedo leads to
more energy absorption in the snowpack, heating or melting the medium. The albedo depends on the
characteristics of the snow (e.g., grain radius and impurity concentration) and atmosphere (e.g., wave-
length of incoming radiation and angle of incidence). Radiation can also be transferred through the
surface, making subsurface conditions important as well. Several processes that determine the albedo
are also influenced by the albedo itself, leading to feedback loops. These feedback loops can enhance
melt significantly (Jakobs et al., 2019). A thorough understanding of radiative transfer and albedo is
therefore imperative to comprehend the development of an ice sheet, and is discussed in this section.
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Figure 1.7: Cartoon of processes involved in radiative transfer, including reflection, refraction and
absorption, for clean and dirty snow for (a) a snow layer on top of bare ground and (b) a snow layer
on top of glacier ice layer with bubbles, located on top of bare ground or water. Black circles represent
black carbon, orange dust and white bubbles. Figure 2 from He and Flanner (2020).

1.5.1 Grain size and snow metamorphism

A snowpack consists of snow grains with air and impurities in between. When radiation enters such
a snowpack and reaches the surface of a snow grain or impurity, it is either absorbed, refracted or
reflected. For visible light, the majority of radiation re-emerges after successive reflections or refraction
towards the surface, escaping the medium (left image of Fig. 1.7a). Snow properties like grain size
and shape determine the likelihood of absorption and direction of scattering (Libois et al., 2013; Dang
et al., 2016). Spheres, spheroids, hexagonal plates and cubes all scatter light differently (Libois et al.,
2013). Spherically-shaped particles, for example, scatter strongly in the forward direction (He and
Flanner, 2020). For small grains typically found in fresh snow, reflection occurs more often and the
albedo is therefore high. For coarse grains typically found in old snow, however, light has to travel a
longer distance through a snow grain before an opportunity arises to be scattered off a grain’s surface,
increasing the likelihood of absorption, thus lowering the albedo (Warren, 2019). The thickness and
density of a snow layer impact the albedo indirectly. For example, if a snow layer is thin enough with
a low density, radiation might reach the next layer with other properties. For a single homogeneous
semi-infinite snow layer, however, the density is irrelevant. Radiation scatters considerably different in
an ice layer, as it consists of a continuous crystal structure and therefore there are no internal surfaces
where light can reflect. Consequently, pure ice is almost black (Warren, 2019). In nature, bare ice
almost always has air bubbles, creating the surfaces where radiation can reflect, raising the albedo (left
image of Fig. 1.7b).

The process of snow metamorphism, i.e., recrystallization as a result of thermodynamical imbalance,
which often leads to grain growth, is complex (Sommerfeld and LaChapelle, 1970). Snow layers gradu-
ally compact over time through settling, increasing the grain size in the process through sintering, hence
old snow typically has larger grains than fresh snow. The compaction through settling is enhanced by in-
creasing pressure of new layers that form on top of it. Furthermore, the rate of metamorphism increases
with temperature. As the albedo drops with grain size, more energy is absorbed leading to higher tem-
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Figure 1.8: (a) Incoming solar radiation at the surface as a function of wavelength for clear-sky
conditions and direct radiation for a solar zenith angle (SZA) of 35◦, 70◦ and 82◦. These fluxes are
calculated using the discrete ordinate radiative transfer (DISORT) method (Stamnes et al., 1988, 2000).
(b) Spectral albedo of deep snow containing various concentrations of black carbon (BC) in ng g−1,
equivalent to parts-per-billion (ppb) by mass (Figure 5b from Warren (2019)).

peratures, which in turn leads to stronger snow metamorphism and is therefore a positive feedback: the
snow metamorphism-albedo feedback (Picard et al., 2012). This feedback leads to considerably more
absorption of energy when old snow layers are exposed at the surface. Refreezing of meltwater also en-
hances snow grain growth, leading to the strong snowmelt-albedo feedback. Jakobs et al. (2019) show
that melt would be three times smaller on an ice shelf in Queen Maud Land in Antarctica than without
the snowmelt-albedo feedback.

1.5.2 Wavelength and solar zenith angle

The absorption length, i.e., the typical distance a photon can travel through ice before absorption, is tens
to hundreds of meters for near-ultraviolet (near-UV, with a wavelength of 200-400 nm) and blue light,
2 m for red light, and only a few millimeters for near-infrared (near-IR, 750-1400 nm) and shortwave-IR
(1400-3000 nm) radiation. Clean ice therefore appears blue (Warren, 2019; Cooper et al., 2020). Snow,
on the other hand, appears white due to thousands of reflection and refraction events occurring in the
upper centimeters, resulting in almost all visible light leaving the snow before absorption can occur. For
visible light (400-750 nm), as the absorption length is so long, the difference between small-grained and
coarse-grained snow is limited, but the absorption is considerably higher in coarse-grained snow for red
and IR radiation.

The albedo also depends on environmental conditions. For a high solar zenith angle (SZA), i.e., the an-
gle between the zenith and incoming radiation, light enters the snowpack at a shallow angle, increasing
the likelihood of reflection. Furthermore, scattering of radiation in the atmosphere changes its spec-
tral distribution, shifting more towards red and IR radiation (Fig. 1.8a), for which the albedo is low
(Fig. 1.8b). For high SZA, this atmospheric scattering is stronger due to the longer path light has to
travel through the atmosphere before reaching the surface. This can be quantified for direct radiation,
i.e., light that has not been scattered, as it has a clear SZA, but is difficult for diffuse radiation, i.e.,
light that has been scattered in the atmosphere at least once, as it can arrive from all angles. It is there-
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fore imperative to distinguish between direct and diffuse radiation. Furthermore, aerosols, liquid and
ice clouds change the spectral distribution of radiation, filtering IR radiation, effectively increasing the
surface albedo (Leckner, 1978; Hussain, 1984; Gueymard, 2001). Some differences between ice and
liquid clouds occur due to the various possible grain shapes and orientations of ice particles (Wyser and
Yang, 1998; King et al., 2004).

1.5.3 Impurities

Snow and in particular ice layers are usually not impurity free. Impurities like black carbon (BC or
soot), dust and organic humic-like substances (HULIS) can be found in such layers. Furthermore, algae
can grow in ice layers (Cook et al., 2020). BC is formed naturally by forest fires or anthropogenically
by burning of fossil fuels and is transported through the atmosphere on the GrIS. The BC concentration
is spatially variable and is as low as 1 ng g−1 in snow in the interior (Doherty et al., 2010). Dust
and HULIS are transported from the surrounding lands onto the ice sheet. Currently, atmospheric dust
concentrations are up to 30 times lower than during the last glacial maximum (Yung et al., 1996). The
impurity concentration in snow on the AIS is low due to its isolated location; the BC concentration, for
example, is on average 15 times lower than that in the interior of the GrIS (Warren and Clarke, 1990;
Doherty et al., 2010; Dang et al., 2015).

Impurities have a considerable effect on the albedo. BC, for example, absorbs strongly in the UV
and visible part of the spectrum, reducing the albedo for wavelengths that are typically associated
with a high albedo for impurity-free conditions (Fig. 1.8b). Even a concentration in the order of
parts-per-billion (ppb), which is typically found in Greenland, is enough to lower the albedo signifi-
cantly (Doherty et al., 2010; Dang et al., 2015). The right images of Fig. 1.7a and b schematically show
absorption with impurities in snow and ice. As snow or ice melts, some of the impurities present within
the ice remain, leading to an increasingly higher concentration. In bare ice, these impurities cluster
together forming cryoconite (Fig. 1.9a). A darkening of the ice sheet is typically found in the ablation
zone of west Greenland (Fig. 1.9b), which is further enhanced by meltwater lakes and streams. This
darkening leads to more absorption, exposing even more impurities and leading to more melt, lowering
the albedo even further. This leads to the ice melt-albedo feedback. The snow metamorphism-albedo
feedback and snow/ice melt-albedo feedbacks significantly impact the development of an ice sheet (Box
et al., 2012), and a thorough understanding of the albedo is therefore imperative to comprehend the de-
velopment of an ice sheet, and is the main focus of this study.

1.5.4 Numerical models and definitions

Modeling radiative transfer and albedo is a difficult but important task. Many processes are either too
small-scale, e.g., cryoconite, or impossible to model, e.g., individual photon scattering, and simplifi-
cations have to be made. Over the past decades, enormous efforts have been made to explicitly model
albedo and radiative transfer in snow and ice, from simple one-layer models, to multi-stream models
(Chandrasekhar, 1960; Toon et al., 1989; Lee and Liou, 2007; Libois et al., 2013) to Monte Carlo simu-
lations (Light et al., 2003). Recent improvement of computational power now allows the ice-sheet wide
implementation of radiative transfer schemes in climate models. In Chapter 2, we discuss the albedo
and radiative transfer scheme used in this study.
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Figure 1.9: (a) Cryoconite in west Greenland and (b) darkening of ice in the ablation zone in west
Greenland on August 6, 2000 (NASA daily images). Extensive melt leads to pond and surface stream
formation.

In this thesis, we use the following phrases for albedo. The spectral albedo is defined as the albedo
as a function of wavelength (e.g., Fig. 1.8b). The albedo for a discrete spectral band, or narrowband,
is defined as the narrowband albedo. Narrowbands are often used for radiation calculations in climate
models. Spectrally integrating the narrowbands leads to the broadband albedo, which is referred to
whenever the term ‘albedo’ is used in the remainder of this thesis, unless stated otherwise.

1.6 Regional climate modeling

Regional climate models are commonly used to quantify the SMB of ice sheets. They resolve atmo-
spheric and surface processes, explicitly calculating the SMB and SEB components. Contrary to global
circulation models (GCMs), polar RCMs are specifically developed for glaciated regions. Moreover,
the limited spatial domain of RCMs allows for a high temporal (sub hourly) and horizontal model res-
olution (e.g., up to 5 km for the GrIS and 11 km for the AIS) resulting in a better representation of
spatially inhomogeneous regions and allowing more physical processes to be resolved (Fettweis et al.,
2017; Langen et al., 2017; Powers et al., 2017; Noël et al., 2018b). At the boundaries, RCMs can be
forced with GCM output or reanalysis data, which enables RCMs to model the climate of the past,
present and future.

The core of RCMs generally consist of two parts: 1) atmospheric dynamics and 2) surface and atmo-
spheric physics parameterizations. The atmospheric dynamics core calculates motion in the atmosphere
at spatial scales large enough to be resolved explicitly. Most RCMs assume hydrostatic equilibrium for
the atmosphere, i.e., assume gravity to be balanced by the vertical pressure gradient force. It simplifies
the equations of motion, reducing the required computational resources. Non-hydrostatic effects like
convection become increasingly important below roughly 10 km horizontal resolution (Vetra-Carvalho
et al., 2012). Modeling with higher horizontal resolutions therefore requires a non-hydrostatic approach.
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The atmospheric physics part represents unresolved physical processes, i.e., on the sub-grid scale. Such
processes include radiative transfer, turbulence, clouds and convection (ECMWF, 2009). Parameteriza-
tions are required to capture these processes adequately and to determine their impact on the large-scale
flow.

Several polar RCMs are in use today. The Modèle Atmosphérique Régional (MAR, Fettweis et al.
(2017)) is used, for example, to reconstruct the GrIS and AIS SMB of the twentieth century. Other
RCMs used for polar studies include the Fifth-Generation Penn State/NCAR Mesoscale Model, with
polar optimization (MM5, Burgess et al. (2010)) and the non-hydrostatic Polar Weather Research
and Forecasting (polar WRF, Hines et al. (2015); Turton et al. (2020)) model. Lucas-Picher et al.
(2012) show that HIRHAM5 is also able to model the climate of the GrIS at a spatial resolution
of 0.05◦(approximately 5.5 km).

In this study, we use the Regional Atmospheric Climate Model (RACMO2). It has been used to model
the climate of the GrIS (Noël et al., 2018b; Noël et al., 2019) and AIS (Van Wessem et al., 2018), and
smaller regions like the AP (Van Wessem et al., 2016) and the Canadian Arctic (Noël et al., 2018a). Fur-
thermore, RACMO2 has been used to investigate physical processes like the snowmelt-albedo feedback
(Jakobs et al., 2019), firn aquifers (Van Wessem et al., 2020) and föhn winds in the AP (Wiesenekker
et al., 2018). Some processes, however, were not included up to recently, like subsurface heating by ra-
diation penetration, or with a limited parameterization, like snow albedo. As was discussed in Sect. 1.5,
strong feedback loops are associated with albedo, making it vital to update the snow and ice albedo
parameterizations. Therefore, we focus on implementing a new spectral radiative transfer and albedo
scheme for snow and ice into RACMO2 and develop the methods to do so.

1.7 Thesis outline

In this thesis, we develop new ways to improve the snow and ice albedo scheme of RCMs by coupling
a spectral radiative transfer and snow albedo model with a narrowband radiation scheme. We introduce
a new RACMO2 version, 2.3p3 (Rp3), where we replace the previous snow albedo scheme by the
spectral Two-streAm Radiative TransfEr in Snow Model (TARTES, Libois et al. (2013)), coupled to
RACMO2 by the newly developed Spectral-to-NarrOWBand ALbedo (SNOWBAL) module version 1.2
(Van Dalum et al., 2019), introducing new processes, like internal heating. We evaluate the new radiative
transfer and albedo product with in-situ and remote sensing observations and assess its impact on the
SMB, SEB and (sub)surface temperature of the GrIS and AIS.

This thesis consists of seven chapters. Chapter 2 introduces radiative transfer theory included in
TARTES. We also discuss the RACMO2 model, its updates and numerical implementation and setup.
The observational data sets used in this study are also presented. Chapter 3 introduces the SNOWBAL
coupling module and shows an offline comparison with broadband albedo modules. After implementing
TARTES with SNOWBAL in RACMO2, we evaluate the new snow and ice albedo output for the GrIS
with the previous RACMO2 version and remote-sensing and in situ observations, which is discussed
in Chapter 4. We evaluate the impact of the implemented updates in Rp3 for SMB, SEB and internal
temperature for the GrIS in Chapter 5. Chapter 6 discusses a first application of Rp3 to the AIS. Finally,
Chapter 7 summarizes the results and presents some remaining challenges. It also provides an outlook
for future work.



2
Methods

In this chapter, we discuss the theory of radiative transfer and the commonly used approximations to
solve it (Sect. 2.1 - 2.3), and introduce TARTES (Sect. 2.4). We also present RACMO2, its recent
updates and numerical implementation, boundary conditions, initialization and resolution (Sect. 2.5).
Section 2.6 discusses the observational data sets used in this study.

17



18 2. Methods

2.1 Optical constants

For glaciated areas, radiative transfer and optical properties like albedo or emissivity, are fundamentally
driven by the optical constants of pure ice (Warren and Brandt, 2008). Absorption of radiation can be
subsequently altered by other processes, such as reflection off a snow grain’s surface. Radiation trans-
mission through a medium also depends on its ability to scatter and absorb radiation, which strongly
depends on wavelength. The refractive index determines the ability of a medium to scatter or absorb
radiation, and is defined as:

m(λ ) = mre(λ )+ i ·mim(λ ), (2.1)

with the real part (mre) related to refraction and the imaginary part (mim) related to absorption. Scatter-
ing is fairly constant for visible light (mre = 1.33), but dips and peaks strongly in the IR around 3 µm
(Fig. 2.1a).

Several mechanisms dominate the absorption profile. For UV up to 180 nm, absorption is strong due
to electron excitement (Fig. 2.1b), but becomes negligible in the near-UV (200-400 nm). Absorption
is very weak for visible light (400-750 nm) and increases in the near-IR (750-1400 nm), inducing
molecular vibration (Warren, 2019). This weak absorption for visible light leads to strong scattering
and a high albedo for snow. Note that absorption changes several orders of magnitude with wavelength.
The absorption profile of liquid water or vapour is similar to Fig. 2.1b, but some differences with ice
occur. For pure hexagonally-shaped ice, for example, refraction depends on the angle of incidence and
polarization, changing the absorption profile for IR radiation.

2.2 General radiative transfer equation

Glaciated surfaces rarely consist of pure hexagonal ice (only clean lake ice resembles it to some ex-
tent) and is often characterized by complex situations, e.g., multiple layers of snow or ice, impurities,
bubbles, various grain shapes and sizes, making direct comparison with theory difficult. Hence, in
order to derive radiative transfer and albedo for complex conditions, radiative transfer models have
been developed. The basic radiative transfer equation for a plane-parallel homogeneous medium for
monochromatic radiation is provided by Chandrasekhar (1960):

µ
dI(τ,µ,φ)

dτ
= I(τ,µ,φ)−S(τ,µ,φ), (2.2)

with µ the cosine of the solar zenith angle (SZA), I(τ,µ,φ) the total intensity of all incoming radiation,
τ the optical depth, φ the azimuthal angle and S the source function. Chandrasekhar (1960) assumes
elastic scattering and all particles are sufficiently far away from each other such that no shadowing
occurs between them. Equation (2.2) states that the rate of intensity loss for a SZA equals the total
energy lost by extinction or scattering. The source function

S(τ,µ,φ) =
ω

4π

∫ 2π

0

∫ 1

−1
p(µ,φ ; µ

′
φ
′)I(τ,µ ′,φ ′)dµ

′dφ
′+Q(τ,µ,φ), (2.3)
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Figure 2.1: (a) Real and (b) imaginary parts of the refractive index as a function of wavelength.
Figure 4 from He and Flanner (2020).

represents scattering by diffuse radiation, i.e., multiple scattering sources (first term on the right-hand
side) and direct radiation Q(τ,µ,φ), with ω the single-scattering albedo, i.e., the scattering to extinction
ratio, and p the phase function for scattered radiation coming from direction (µ ′,φ ′) to direction (µ,φ )
assuming isotropic conditions. Q(τ,µ,φ) is then given by:

Q(τ,µ,φ) =
ωF0

4π
p(µ,φ ;−µ0,φ0)e

− τ

µ0 , (2.4)

with F0 the intensity of the direct beam if entering the medium perpendicular to the surface and (µ0,φ0)
the beam’s direction. Combining Eq. (2.2)-(2.4) leads to the general radiative transfer equation that
must be solved:

µ
dI(τ,µ,φ)

dτ
= I(τ,µ,φ)− ω

4π

∫ 2π

0

∫ 1

−1
p(µ,φ ; µ

′
φ
′)I(τ,µ ′,φ ′)dµ

′dφ
′− ωF0

4π
p(µ,φ ;−µ0,φ0)e

− τ

µ0 .

(2.5)

2.3 Solving the radiative transfer equation for snow

2.3.1 DISORT

One of the most robust ways to solve the radiative transfer equation is the discrete ordinate radiative
transfer (DISORT) method (Chandrasekhar, 1960; Stamnes et al., 2000). DISORT assumes a scattering
and absorbing atmosphere for an unpolarized, plane parallel and monochromatic beam of light, and
provides fluxes at any desired angle and level. It expands the phase function p and intensity I as
Legendre polynomials and Fourier series. Eventually, Eq. (2.5) reduces into several ordinary differential
equations. However, DISORT is numerically expensive, making it unfeasible to use in RCMs, but can
be used as a benchmark for evaluating radiation transfer models (Dang et al., 2019).
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Solvers based on DISORT, like the libRadtran software package (Mayer and Kylling, 2005), also al-
low cloud content and distinguish liquid water, ice particles and aerosols within the atmosphere. The
pseudo-spherical variant SDISORT (Dahlback and Stamnes, 1991) also accounts for atmospheric curva-
ture, and is used in this study. Usually, thirty-two streams, i.e., computational angles, are used (Stamnes
et al., 2000).

2.3.2 Two-stream approximation

One often-used numerically efficient method is the two-stream approximation (Dunkle and Bevans;
Meador and Weaver, 1980; Toon et al., 1989). As the name suggests, it splits radiation in an upward
and downward flux and requires only limited input. This means that Eq. (2.5) is azimuthally integrated,
leading to:

µ
dI(τ,µ)

dτ
= I(τ,µ)− ω

2

∫ 1

−1
p(µ,µ ′)I(τ,µ ′)dµ

′− ωF0

2
p(µ,−µ0)e

− τ

µ0 , (2.6)

with

I(τ,µ) =
∫ 2π

0
I(τ,µ,φ)dφ , (2.7)

p(µ,µ ′) =
1

2π

∫ 2π

0
p(µ,φ ; µ

′,φ ′)dφ
′, (2.8)

and then Eq. (2.6) is integrated over the SZA:

dF+

dτ
=
∫ 1

0
I(τ,µ)dµ− ω

2

∫ 1

0

∫ 1

−1
p(µ,µ ′)I(τ,µ ′)dµ

′dµ−ωF0β0e−
τ

µ0 , (2.9)

with

F+ =
∫ 1

0
µI(τ,µ)dµ, (2.10)

β0 =
1
2

∫ 1

0
p(µ,−µ0)dµ, (2.11)

with F+ the upward diffuse flux. For the downward diffuse flux F−:

F− =
∫ 1

0
µI(τ,−µ)dµ, (2.12)

dF−

dτ
=−

∫ 1

0
I(τ,−µ)dµ +

ω

2

∫ 1

0

∫ 1

−1
p(µ,µ ′)I(τ,µ ′)dµ

′dµ +ωF0β0e−
τ

µ0 . (2.13)
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So, for the nth layer, the two-stream approximation can be written as:

dF+
n

dτn
= γ1nF+

n − γ2nF−n − γ3nωF0e−
τacc+τn

µ0 , (2.14)

dF−n
dτn

= γ2nF+
n − γ1nF−n + γ4nωF0e−

τacc+τn
µ0 , (2.15)

with γ1, γ2, γ3 and γ4 yet to be determined constants independent of τ . Meador and Weaver (1980) show
that γ4 = 1− γ3. τacc is the accumulated τ of the layers above layer n. Several approaches are possible
to determine the γ constants, but all of them are incapable of explicitly accounting for grain shape.

2.3.3 Delta-Eddington approximation

An important step to solve the γ constants, is to determine the phase function. For snow, a robust
solution is the Delta-Eddington approximation. The Eddington approximation assumes the intensity
to be a first order polynomial as a function of µ (Jiménez-Aquino and Varela, 2005). Furthermore,
the phase function can be written as a two term expansion. The strong forward scattering of snow
(Warren, 2019) is then taken into account by adding a Dirac-delta function (Joseph et al., 1976). The
Delta-Eddington approximation depends on the optical properties of snow, like τ and ω , and introduces
the asymmetry factor g. The asymmetry factor is the average of the cosine of the scattering angle,
with g = ±1 corresponding with complete forward (backward) scattering, and g = 0 scattering in all
directions. Joseph et al. (1976) use the Delta-Eddington approximation and the following definitions:

ω
∗ =

(1−g2)ω

1−ωg2 , (2.16)

τ
∗ = (1−ωg2)τ, (2.17)

g∗ =
g

1+g
, (2.18)

to formulate the γ coefficients:

γ1 =
1
4
(7−ω

∗(4+3g∗)) , (2.19)

γ2 =−
1
4
(1−ω

∗(4−3g∗)) , (2.20)

γ3 =
1
4
(2−3µ0g∗). (2.21)
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2.3.4 Optical properties of snow

Before solving the radiative transfer equations, ω and g should be determined for each layer. Both
parameters depend on wavelength and the optical properties of snow, especially grain shape. Using the
Approximate Asymptotic Radiative Transfer (AART) theory (Kokhanovsky, 2004) based on geometric-
optics theory, both parameters can be calculated, introducing a grain shape and impurity dependence.

The asymmetry factor can be approximated as a function of wavelength, the real part of the refractive
index (mre, Eq. (2.1)) and specific surface area (SSA). The SSA is defined as the total surface area of
air-ice interface per mass, and can be written as SSA = 3

reffρice
(Grenfell and Warren, 1999), with reff the

effective grain radius and the ice density ρice = 917 kg m−3. Following Kokhanovsky (2004), g then
becomes:

g(mre,s) = g∞(mre)− (g∞(mre)−g0(mre,s))e−y(mre,s)c, (2.22)

with g∞(mre) the asymmetry factor of a purely absorbing sphere, g0(mre,s) of a non-absorbing parti-
cle with shape s, a function of decay y(mre,s) and c = 24πmim

λρiceSSA , with λ the wavelength and mim the
imaginary part of the refractive index (Eq. (2.1)).

For spherically-shaped particles, using linear regression on the data of Kokhanovsky (2004):

g∞(mre) = 0.9751−0.105(mre−1.3), (2.23)

g0(mre) = 0.8961−0.38(mre−1.3), (2.24)

y(mre) = 0.728+0.752(mre−1.3), (2.25)

with mre−1.3 the difference between the real part of the refractive index of the medium and air.

The single-scattering albedo ω is given by:

ω = 1− 1
2
(1−W (mre))(1− e−ψ(mre,s)c), (2.26)

with W (mre) a to be determined function and ψ(mre,s) a function of decay, given by

ψ(mre,s) =
2B(mre,s)

3−3W (mre)
. (2.27)

B(mre,s) is the absorption enhancement parameter. The parameter B represents how the absorption in a
grain is increased by multiple internal reflections compared to a straight trajectory through it, as internal
reflections increase the photon path length (Libois et al., 2013). W and B can be approximated by:

W (mre) = 0.0611+0.17(mre−1.3), (2.28)

B(mre,s) = Bt(s)+0.4(mre−1.3). (2.29)
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Figure 2.2: (a-c) Single-scattering coalbedo (1−ω) and (d-f) asymmetry factor for spheres, hexagonal
plates and Koch snowflakes for various grain sizes as a function of wavelength. Top row from Fig. 6
and bottom row from Fig. 8 of He and Flanner (2020).

Bt is the most important tuning parameter to represent grain shape. For spherical grains, Bt = 1.25.
The assumption that grains are spherically shaped is quite successful for albedo calculations, but less
so for radiative transfer. Libois et al. (2014) show with snow samples that Bt should be 1.6, which is
more representative for spheroids, as the light e-folding depth would otherwise be overestimated by
approximately 30%.

For snow and ice, the single-scattering albedo is high for UV and visible light, and low for IR radiation
(Fig 2.2a-c, showing the single-scattering coalbedo (1−ω)). It changes, however, considerably with
grain shape and size. The asymmetry factor is high for all conditions (Fig. 2.2d-f), illustrating that
radiation scatters strongly forward, especially towards the IR part of the spectrum, and also changes
significantly with grain shape and radius.

Up to this point, we assumed a clean medium, but snow often includes impurities leading to more
absorption and scattering (right panels in Fig. 1.7). Here, we assume that all impurities are spherical
particles located outside of a grain. Furthermore, we assume that these particles are small compared to
the wavelength (reff < 100 nm) so that the phase function does not change. As such, they only have a
strong impact on the single-scattering albedo. Hence, impurities can be included by introducing a term
in Eq. (2.26) for an impurity type i, following Bond and Bergstrom (2006):

ω = 1− 1
2
(1−W (mre))(1− e−ψ(mre,s)c)− 12π

λSSA ∑
imp

ci

ρi
Im

(
m2

i −1
m2

i +1

)
, (2.30)

with ci the concentration and Im the imaginary part of the last term. For black carbon, the refractive
index is approximated by mbc = 1.95−0.79i and ρbc = 1800 kg m−3 (Bond and Bergstrom, 2006).
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2.3.5 Solving the two-stream approximation

To solve Eq. (2.14) and (2.15) for the nth layer, we introduce the difference Fd = F+−F− and sum
Fs = F+ +F−. Then, using the delta-transformed variables (Eq. (2.16)-(2.18)) and γ coefficients
(Eq. (2.19)-(2.21)), and using that γ4 = 1−γ3, Eq. (2.14) and (2.15) can be rewritten following Jiménez-
Aquino and Varela (2005):

dF+

dτ
+

dF−

dτ
= (γ1 + γ2)F+− (γ1 + γ2)F−+ωF0(1−2γ3)e

− τacc+τ

µ0 , (2.31)

dFs

dτ
= (γ1 + γ2)Fd −ωF0(2γ3−1)e−

τacc+τ

µ0 , (2.32)

dF+

dτ
− dF−

dτ
= (γ1− γ2)F++(γ1− γ2)F−−ωF0e−

τacc+τ

µ0 , (2.33)

dFd

dτ
= (γ1− γ2)Fs−ωF0e−

τacc+τ

µ0 , (2.34)

with n and ∗ omitted for readability. The derivative with respect to τ can be calculated in order to
transform the equations into a standard damped oscillator:

d2Fd

dτ2 = k2Fd −ξ e−
τacc+τ

µ0 , (2.35)

d2Fs

dτ2 = k2Fs−ηe−
τacc+τ

µ0 , (2.36)

where k2 = γ2
1 − γ2

2 and

ξ = ωF0 [(γ1− γ2)(2γ3−1)−1/µ0] , (2.37)

η = ωF0 [γ1 + γ2− (2γ3−1)/µ0] . (2.38)

Solving these differential equations leads to:

Fd(τ) = Aekτ +Be−kτ +
ξ µ2

0 e−(τacc+τ)/µ0

(kµ0)2−1
, (2.39)

Fs(τ) =Cekτ +De−kτ +
ηµ2

0 e−(τacc+τ)/µ0

(kµ0)2−1
, (2.40)

with A and B to be calculated for each layer. Note that C = A[k/(γ1− γ2)] and D =−B[k(γ1− γ2)].
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Using the definition of Fs and Fd , F+ and F− become:

F+(τ) = uCekτ + vDe−kτ +G+e−(τacc+τ)/µ0 , (2.41)

F−(τ) = vCekτ +uDe−kτ +G−e−(τacc+τ)/µ0 , (2.42)

with

u =
1
2

[
1+

γ1− γ2

k

]
, (2.43)

v =
1
2

[
1− γ1− γ2

k

]
, (2.44)

and

G+ =
µ2

0 ωF0

(kµ0)2−1
[(γ1−1/µ0)γ3 + γ2γ4] , (2.45)

G− =
µ2

0 ωF0

(kµ0)2−1
[(γ1 +1/µ0)γ4 + γ2γ3] . (2.46)

Finally, using v = αu with the layer albedo α = γ1−k
γ2

, uC = A and uD = B, we get the following
solutions:

F−(τ) = Ae−kτ +Bekτ +G−e−(τacc+τ)/µ0 , (2.47)

F+(τ) = αAe−kτ +
B
α

ekτ +G+e−(τacc+τ)/µ0 . (2.48)

The first and second term on the right hand side are the diffuse components of radiation, the third term is
the contribution of direct light that has been scattered only once in the snowpack, and quickly vanishes
with depth (Libois et al., 2013). To include direct light without scattering, one extra term is added to
the downward flux:

F−(τ) = Ae−kτ +Bekτ +(G−+µ0F0)e−(τacc+τ)/µ0 . (2.49)

Before F can be determined for a snowpack, A and B have to be found. If a snowpack has N layers,
there are therefore 2N unknowns that have to be solved by using boundary conditions and continuity
at the interface of layers. The latter implies that 2(N− 1) equations are to be solved. Together, these
equations form a matrix that can be solved numerically by tridiagonalizing it. After calculating the
fluxes, absorption for every layer can be determined. Finally, the spectral albedo α of the snowpack can
be calculated by the ratio of outgoing and incoming flux at the surface:
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α =
F+

1
F0

, (2.50)

=
1

µ0F0

(
α1A1 +

B1

α1
+G+

1

)
. (2.51)

Note, however, that the surface values A1, B1 and G+
1 are only known when they are also determined

for all other layers.

2.4 TARTES

The Two-streAm Radiative Transfer in Snow (TARTES, Libois et al. (2013)) model computes the spec-
tral albedo, radiative profiles and background absorption for a multi-layer snowpack using the radiative
theory described in Sect. 2.3, for any wavelength between 199 and 3003 nm. It uses the Delta-Eddington
approximation and geometric-optics based theory of AART to determine some layer optical properties.
For the refractive index of ice, TARTES uses lookup tables from Warren and Brandt (2008), linearly
interpolating between values. Its input parameters are λ , SZA, incoming flux and layer properties like
density, thickness, grain size and impurity type and concentration. Furthermore, diffuse radiation is
treated as a direct beam at a SZA of 53◦, which is approximately Brewster’s angle for an air-water
interface for visible light.

In TARTES, grains can have various shapes. Here, we assume grains to be spherically shaped with
gt = 0.86, but Bt is set to that of spheroids: 1.6, following findings of Libois et al. (2014). Two
types of impurities are available: soot and HULIS. For soot, TARTES uses the refractive index and
density described by Bond and Bergstrom (2006) and for HULIS those of Hoffer et al. (2006), with
ρHULIS = 1500 kg m−3.

2.5 RACMO2

The atmosphere model used in this study is the Regional Atmospheric Climate Model (RACMO2),
developed at the Royal Netherlands Meteorological Institute (KNMI). It integrates the atmospheric
dynamics of the High Resolution Limited Area Model (HIRLAM, Undén et al. (2002)) with the atmo-
spheric and surface processes of the European Center for Medium-Range Weather Forecast (ECMWF)
Integrated Forecast System (IFS), cycle 33r1 (ECMWF, 2009). The polar (p) version is developed at
the Institute for Marine and Atmospheric Research Utrecht (IMAU) and is adjusted for glaciated re-
gions by including a dedicated glaciated tile where snow and ice processes and the interaction with the
atmosphere are explicitly modeled. The model has been adapted continuously since the first study that
uses RACMO2 for polar regions (Van Lipzig et al., 1998), by introducing, for example, a coupling to a
multi-layer snow model (Ettema et al., 2010) and a broadband albedo scheme for snow that depends on
grain size (Gardner and Sharp, 2010; Kuipers Munneke et al., 2011).
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Radiation scheme

RACMO2 uses the ECMWF IFS radiation scheme McRad (Morcrette et al., 2008), which includes
the Monte-Carlo Independent Column Approximation (McICA) with the Rapid Radiative Transfer
Model (RRTMSW, Mlawer et al. (1997)), to calculate the shortwave radiative fluxes. This scheme uses
112 g-points, i.e., wavelengths, ranging between 200 and 12500 nm. For each g-point, a Delta two-
stream method is used to determine radiative tranfser through the atmosphere. The direct and diffuse
flux for all g-points are then merged into 14 narrowbands, with varying number of g-points for each
narrowband depending on sub-band variations of absorption and total contribution to the flux. Next, the
direct and diffuse fluxes are merged into clear-sky and total-sky fluxes. As McRad is computationally
demanding, it is only run at every full-radiation (FR) time step, which is every hour. As radiative fluxes
can change significantly within the hour, the calculated fluxes cannot be simply used for all regular
steps, i.e., typically 4 minutes for Greenland and 6 minutes for Antarctica. Therefore, the fluxes are
converted to transmissivities. These transmissivities are then converted to real fluxes for every regular
time step, correcting for SZA changes and the curvature of the Earth, but not for cloud cover changes.

Snow albedo

The previous RACMO2 version, 2.3p2 (Rp2 henceforth), uses the broadband albedo scheme for snow
of Gardner and Sharp (2010). This albedo scheme does not explicitly solve the radiative transfer equa-
tion (Sect. 2.3) and subsurface heating is therefore not possible. It is also highly parameterized, making
extensive use of lookup tables, making it numerically cheap to run. Nonetheless, it includes the effect of
grain radius, SZA, impurities and cloud cover to some extent. It does not, however, distinguish between
liquid and ice water clouds. Furthermore, it does not take spectral variations of incoming radiation
explicitly into account and only has limited radiation penetration. The parameterization assumes two
layers, with a semi-infinite second layer, but as the upper layers of Rp2 are typically a few millimeters
thick, it results in effectively no radiation penetration. Kuipers Munneke et al. (2011) enhanced the
parameterization by adding an altitude-dependent term for the optical thickness during clear-sky con-
ditions and introduced multiple snow layers, using a simple exponential-decay function for radiation
penetration.

2.5.1 Model updates in RACMO2.3p3

Radiative transfer and snow albedo

Ideally, the albedo is determined for each g-point or for each narrowband, which the albedo scheme of
Gardner and Sharp (2010) is unable to do. Introducing a new snow albedo parameterization is therefore
desired. Including TARTES in RACMO2 would introduce a sophisticated radiative transfer scheme and
thus also a more physically-based albedo product. Furthermore, it would allow radiation penetration to
impact the albedo and introduce subsurface heating. TARTES, however, is numerically expensive and
is therefore not feasible to run for all g-points. Instead, it will be applied to RACMO2’s 14 narrow-
bands only. TARTES, however, only produces a spectral albedo and absorption profile, and its output
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is therefore ineligible for use on narrowbands. To solve this, we have developed a new Spectral-to-
NarrOWBand ALbedo (SNOWBAL) coupling module, which is introduced and evaluated in Chap-
ter 3. This module captures both sub-band irradiance and albedo variations. In the new RACMO2 ver-
sion 2.3p3 (Rp3 henceforth) we have incorporated TARTES with SNOWBAL, replacing the old snow
albedo scheme. As the radiation scheme is only called at FR time steps, TARTES and SNOWBAL are
therefore limited to those time steps as well. For regular time steps, the results of the previous FR time
step is used to derive an albedo and absorption profile. The numerical implementation of TARTES and
SNOWBAL is discussed in Sect. 2.5.2.

Ice albedo

In Rp2, a background bare ice albedo (BIA) field is provided for the entire ice sheet. This field is used
if one of the upper two layers of a glaciated tile are identified as bare ice. The BIA field is prescribed
by the lowest five percent of the 16-day diffuse albedo product of 1 km Moderate Resolution Imaging
Spectroradiometer (MODIS) data (MCD43A3v5, Schaaf and Wang (2015)) between 2000-2015 and
is resampled to the grid of Rp2. The BIA is limited between 0.3 for dark ice and 0.55 for ice under
perennial snow (Noël et al., 2018b).

For Rp3, we use TARTES with SNOWBAL for bare ice using a representative SSA (0.788 m2 kg−1),
SZA (60◦) and impurity concentration field. These parameters are tuned such that the broadband albedo
output resembles the previously mentioned MODIS albedo field for clear-sky conditions. For other
atmospheric conditions, e.g., overcast, spectral distribution changes of the irradiance are now allowed
to impact the broadband BIA. Note that the impurity concentration field used for bare ice is different
than for snow, as for bare ice it is spatially varying while it is fixed for snow. The BIA parameterization
is discussed in more detail in Chapter 4.

Superimposed ice forms with refreezing of meltwater and has a granular structure, in contrast to bare
ice. Because of the granular structure, it is preferable to use the snow albedo over the bare ice scheme,
as the SSA of the latter is too small for superimposed ice. However, without corrections, the snow grain
size is often too small, leading to overestimated albedos. To improve the albedo of superimposed ice,
we implement a minimum SSA of 4.5 m2 kg−1 for a layer with a density of 750 kg m−3 that linearly
decreases to the bare ice value (0.788 m2) for a layer with a density of 917 kg m−3. Superimposed ice
uses the same impurity concentration as a snow layer. Hence, it generally has a higher albedo than bare
ice.

Multilayer firn module

The multilayer firn module has been rewritten to reduce numerical diffusion when model layers are
merged or split, and to improve code efficiency. It consists of four changes:

1. The upper prognostic fresh snow layer of Rp2, which was effectively a sub-layer of the upper
layer, is removed and is replaced by various millimeter thin snow layers containing only fresh
snow. For the calculation of heat diffusion, these layers are treated as one.
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2. Layers now merge with the adjacent layer only when that layer has a similar density. Glacial ice,
however, is not allowed to merge with locally formed layers, i.e., accumulated snow. Ice lenses
can therefore form.

3. Internal melt will thin snow layers (density smaller than 700 kg m−3), and no density change
occurs. For ice layers (density larger than 830 kg m−3), melt creates pore space and no thinning
takes place, only the density is changed. For firn with intermediate densities, both thinning
and density changes occur. The contribution of thinning linearly decreases from 1 for a density
of 700 kg m−3 to 0 for 830 kg m−3.

4. Initialized ice density is set to 917 kg m−3 (Bader, 1964). As ice melts, pore space is created
and the layer density drops, indicating air bubbles within the ice.

2.5.2 Numerical implementation

In Rp2, the albedo of a glaciated tile is calculated within the surface mass balance module, which is
called in a late stage of a time step, after the radiation calculations. The albedo therefore alters radiative
fluxes of the next time step, but only if it is a FR time step. Hence, the albedo preceding the FR time
step determines the albedo of the following hour. In Rp3, TARTES and SNOWBAL are called before
the radiation scheme, allowing the direct and diffuse narrowband albedo to be used in McRad at the
current time step.

Corrections on the SZA are necessary to make the output of TARTES and SNOWBAL more represen-
tative for regular time steps, as SZA can change considerably within the hour. Therefore, as long as
the sun is above the horizon, we average the SZA over all regular time steps between the current FR
time step and the next. This means that TARTES and SNOWBAL are also called in the early morning
when the sun rises above the horizon within the following hour, even though the instantaneous SZA of
the current FR is larger or equal to 90◦. As the radiation scheme of RACMO2 assumes plane-parallel
conditions, no shortwave radiation is calculated for an SZA of 90◦ or larger. Therefore, TARTES and
SNOWBAL are not called at night and the albedo is then set to 0.

In the SNOWBAL module, the snow albedo and absorption profile for direct and diffuse radiation are
calculated for the first 12 of the 14 narrowbands for clear-sky and total-sky conditions. The albedo of
the last two bands is low (Gardner and Sharp, 2010) and is therefore set to 0, with all energy absorbed
at the surface. The calculated albedos are provided to McRad, where clear-sky and total-sky narrow-
band fluxes are calculated. However, only the transmissivities of broadband fluxes are exported out of
the radiation scheme. To be able to calculate the absorption of solar radiation within snow for each
narrowband and for all regular time steps, the narrowband fluxes have to be available as well. Hence,
we now export the transmissivities of all clear-sky and total-sky narrowbands, which are then converted
to real fluxes similarly to the broadband transmissivities for each regular time step. Using the direct to
diffuse radiation fraction calculated in McRad, the direct and diffuse narrowband albedo and absorption
profiles of TARTES and SNOWBAL are converted to clear-sky and total-sky, and are then converted to
broadband by using the narrowband shortwave downward fluxes as weights.
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Similar to McRad, the narrowband absorption profiles for snow and ice have to be converted to an
attenuation length τ for each narrowband such that they can be used to compute subsurface fluxes on
regular time steps. Assuming that energy decays exponentially with depth, absorption within a layer is
then given by:

F(z) = Ftope−(z−ztop)/τ , (2.52)

where depth z > ztop, with ztop the depth of the upper interface and Ftop the net shortwave downward flux
at the top of the snow layer. Considerable energy is absorbed in the upper few millimeters, contributing
to the SEB instead of subsurface absorption. To account for this, we assume that the fraction of absorbed
energy attributed to the SEB is 1 at the surface and linearly decreases to 0 at the maximum skin layer
equilibration depth (SLED). Beyond the SLED, all energy is considered internal. For Greenland, using
scale analysis (Chapter 5), we set zsled to 5 mm and for Antarctica to 10 mm.

All energy absorbed beyond the SLED can be ascribed to subsurface absorption. Hence, for a layer
ranging from top ztop to bottom zbot that is completely above the SLED, i.e., zbot ≤ zsled, and by using
Eq. (5.3), the dissipated flux is:

Esubsurface =−
∫ zbot

ztop

z
zsled

dF(z)
dz

dz, (2.53)

=
Ftop

zsled

((
ztop + τ

)
− (zbot + τ)e−(zbot−ztop)/τ

)
. (2.54)

The absorbed energy contributing to the SEB is then the difference between the total absorbed energy
and Esubsurface. The subsurface absorption is then used to determine the subsurface temperature. As τ

is a layer property, a τ also has to be appointed to new layers that are formed on a regular time step.
For example, a newly formed fresh snow layer uses the τ of the layer underneath. Finally, in Rp3,
subsurface heating can be turned off for sensitivity tests while radiation penetration is still allowed to
impact the albedo.

2.5.3 Boundary conditions, initialization and resolution

For Greenland, we forced RACMO2 at the boundaries with ERA-interim data (Dee et al., 2011) every
six hours and for Antarctica with ERA5 data (Hersbach et al., 2020) every three hours. The boundary
files include humidity, pressure, temperature and wind speed and direction for each atmospheric model
layer. For initialization of the GrIS firn layer, we use output of a previous RACMO2 run. This run, in
turn, was initialized by reanalysis data for the atmosphere and by the IMAU Firn Densification Model
(IMAU-FDM Ligtenberg et al. (2018)) for the snowpack. Soot is the only impurity type available. It
is distributed evenly among all snow layers and is assumed constant in time. For Greenland, the soot
concentration is set to 5 ng g−1, unless stated otherwise, and for Antarctica to 0. The initialization of
the bare ice albedo field is as discussed in Sect. 2.5.1. For dedicated runs for testing of the new snow
albedo module, we use a horizontal resolution of 11 km for Greenland and 27 km for Antarctica.
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2.6 Observational data

In this study, we use in situ and remote sensing observations to evaluate the results. We evaluate
the albedo with MODIS data, using the MCD43A3 Version 006 Albedo Model daily dataset using
16-day Terra and Aqua MODIS data. MCD43A3 determines the albedo in seven narrowbands, ranging
between 650 and 2155 nm, with a spatial resolution of 250 m for bands 1 and 2 and 500 m for all
other bands. Furthermore, it provides a broadband albedo product based on the aforementioned bands.
The albedo, however, becomes unreliable for SZAs larger than 55◦ and latitudes north of 75◦N (Wang
and Zender, 2010; Manninen et al., 2019). Wright et al. (2014) shows a RMSE and mean broadband
albedo difference with in situ observations for the GrIS of 0.026 and 0.015, respectively. Furthermore,
contamination with non-glaciated grid points after resampling to the RACMO2 grid cannot be excluded
at the ice sheet margins, as an ice mask of the MODIS grid is unavailable, and those points should be
omitted.

Automatic weather station (AWS) data can be used to evaluate the SEB components, the albedo, and
near-surface meteorology such as temperature and wind speed. Contrary to MODIS, an AWS is able
to measure the albedo during cloudy conditions. For Greenland, we use AWS data along the Kanger-
lussuaq transect (K-transect, Smeets et al. (2018)) and a selection of stations of the Programme for
Monitoring of the Greenland Ice Sheet (PROMICE, Van As et al. (2011). The K-transect is located
in southwest Greenland (Fig. 1.1), with S5 and S6 in the ablation zone, S9 approximately on the
equilibrium line and S10 in the accumulation zone. The PROMICE stations used here are KAN-U,
KAN-M, NUK-U and QAS-U (Fig. 1.1), with KAN-U and KAN-M located along the K-transect.
For Antarctica, we use AWS data at various locations, numbered in red in Fig. 1.3, most of them in
Queen Maud Land in East Antarctica.

Furthermore, we use stake measurements on the GrIS to determine the SSMB at S6, S7, S8, S9, S10,
KAN-M, KAN-U and two locations close to S9 (the latter, S7 and S8 are not shown separately). For
the AIS, we evaluate the SSMB with measurements around the EAIS, indicated by small black dots in
Fig. 1.3 (Favier et al., 2013).

In Antarctica, we evaluate snowmelt at Neumayer (Fig. 1.3). Futhermore, we use the daily meltwater
product of QuikSCAT (QSCAT) to evaluate the snowmelt ice sheet wide (Trusel et al., 2013).

Subsurface snow temperature profiles are available at Summit in Greenland. These profiles have been
measured as part of the Summit Radiation Experiment (SURE ’07) in the summer of 2007 and range up
to 1 m depth (Kuipers Munneke et al., 2009). In Antarctica, subsurface snow temperature profiles are
available at Dome C (Fig. 1.3) providing data every hour for several years, starting in December 2006
(Brucker et al., 2011). Temperatures are measured up to 21 m depth, but we limit evaluation to the
upper 2 m. Several years of SSA observations are also available at Dome C (Libois et al., 2015).
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Summary

Snow albedo schemes in regional climate models often lack a sophisticated radiation penetration scheme
and generally compute only a broadband albedo. Here, we present the Spectral-to-NarrOWBand
ALbedo module (SNOWBAL, version 1.2) to couple effectively a spectral albedo model with a nar-
rowband radiation scheme. Specifically, the Two-streAm Radiative TransfEr in Snow model (TARTES)
is coupled with the European Center for Medium-Range Weather Forecasts (ECMWF) Integrated Fore-
cast System (IFS), cycle 33r1, atmospheric radiation scheme based on the rapid radiation transfer
model, which is embedded in the regional climate model RACMO2. This coupling allows to explicitly
account for the effect of clouds, water vapour, snow impurities and snow metamorphism on albedo.
Firstly, we present a narrowband albedo method to project the spectral albedos of TARTES onto the
14 spectral bands of the IFS shortwave radiation scheme using a representative wavelength (RW) for
each band. Using TARTES and spectral downwelling surface irradiance derived with the DIScrete Or-
dinate Radiative Transfer atmospheric model, we show that RWs primarily depend on the solar zenith
angle (SZA), cloud content and water vapour. Secondly, we compare the TARTES narrowband albedo,
using offline RACMO2 results for South Greenland, with the broadband albedo parameterizations of
Gardner and Sharp (2010), currently implemented in RACMO2, and the multi-layered parameteriza-
tion of Kuipers Munneke et al. (2011, PKM). The actual absence of radiation penetration in RACMO2
leads on average to a higher albedo compared with TARTES narrowband albedo. Furthermore, large
differences between the TARTES narrowband albedo and PKM and RACMO2 are observed for high
SZA and clear-sky conditions, and after melt events when the snowpack is very inhomogeneous. This
highlights the importance of accounting for spectral albedo and radiation penetration to simulate the
energy budget of the Greenland ice sheet.
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3.1 Introduction

The absorption of shortwave solar radiation is a major contributor to the energy budget of snow and ice
(Van den Broeke et al., 2005b; Gardner and Sharp, 2010; Stroeve et al., 2013; He et al., 2018b). Over
fresh snow this energy absorption is limited due to the high reflectivity, i.e., albedo, of fine grained
snow, but it becomes significant for darker older snow and glacial ice. This strong dependency of the
albedo to the surface snow and ice properties is the driving mechanism of the melt-albedo feedback
(e.g., Van As et al. (2013)). A warm event leads to rapid metamorphism of snow, which leads to
coarser and less reflective snow grains, which increases the energy available for heating and enhances
snow metamorphism even more. Accurate representation of the albedo is thus essential for a reliable
estimate of the energy budget, grain size and melt-albedo feedback of a snowpack (Picard et al., 2012;
Van Angelen et al., 2012).

The penetration through and absorption of solar energy in snow and ice depends on the solar zenith
angle, atmospheric conditions, and physical properties of snow, for example, grain size, grain shape
and impurity concentration (Stroeve et al., 1997; Klok et al., 2003; Warren and Brandt, 2008; Gardner
and Sharp, 2010; Libois et al., 2013, 2014; Dumont et al., 2014; Dang et al., 2015; Tedesco et al., 2016).
Recent studies (Picard et al., 2009; Libois et al., 2013) show that grain shape also has a high impact
on radiation penetration through snow. Besides, the optical properties of snow and ice are also highly
wavelength dependent. The spectral albedo, i.e., the surface reflectivity for a wavelength, is highest for
near-ultraviolet (near-UV, 300-400 nm), visible and near-infrared (near-IR, 750-1400 nm) radiation, but
low and fluctuating in the IR part of the electromagnetic spectrum (Warren and Wiscombe, 1980; Acker-
mann et al., 2006; Warren et al., 2006; Gardner and Sharp, 2010; Dang et al., 2015; Picard et al., 2016).
Furthermore, blue and near-UV radiation can penetrate a few meters into snow, while near-IR radiation
does not reach deeper than a few millimeters (Picard et al., 2016). Also, a distinction has to be made
for the albedo of direct radiation, which varies as a function of the solar zenith angle (SZA), and of
diffuse radiation. Although broadband albedo, defined as the ratio of upwards to downwards shortwave
radiative flux on a horizontal surface integrated over the solar spectrum, or two-band albedo parameter-
izations often neglect internal heating due to radiation penetration, they are commonly used in global
and regional atmospheric models (Aoki et al., 2011), but are prone to inaccuracies due to these simplifi-
cations. Moreover, cloud cover and water vapour have opposite impacts on the incoming spectrum than
a high SZA, i.e., the spectrum shifts towards visible light for cloud cover and water vapour, and towards
the IR for a high SZA (Dang et al., 2015). Impurities mostly affect the reflectivity for near-UV and
visible light, while snow metamorphism mostly affect the reflectivity for near-IR light (Tedesco et al.,
2016). The grain radius of impurities determines the scattering regime. The typical grain radius of soot
and humic-like substances (HULIS) are small compared to shortwave wavelengths, while the typical
grain radius of dust is not small. Consequently, an albedo model has to be compatible for Rayleigh scat-
tering to incorporate soot and HULIS, and for Mie theory for dust and biological material (Tegen and
Lacis, 1996; Cook et al., 2017). It is clear that an interactive spectral albedo and radiation penetration
model are required to derive correct estimates for the solar energy absorption in snow and ice and its
impact on the snow heating rates (Flanner and Zender, 2006).

In this paper, we discuss implementation strategies of a spectral albedo and radiation penetration
scheme in the polar version of the regional climate model RACMO2.3p2 (Noël et al., 2018b), from
now on called RACMO2, and compare results with the broadband albedo parameterization of Gardner
and Sharp (2010, GS) and the multi-layered broadband albedo parameterization of Kuipers Munneke
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et al. (2011, PKM). Currently, GS, extended with an elevation correction as described by PKM, is im-
plemented in RACMO2, hence RACMO2 does neither include a sophisticated radiation penetration
scheme, nor spectral albedo. Therefore, we discuss the coupling of the radiative transfer model Two-
streAm Radiative TransfEr in Snow (TARTES, Libois et al., 2013) with the ECMWF radiation scheme
McRad based on the shortwave Rapid Radiation Transfer Model (RRTMsw, Mlawer et al., 1997; Clough
et al., 2005; Morcrette et al., 2008; ECMWF, 2009), which is embedded in RACMO2. RRTMsw calcu-
lates solar radiation fluxes using fourteen contiguous shortwave bands. TARTES is a model based on
the asymptotic analytical radiative transfer theory (Kokhanovsky, 2004) and the two-stream approxima-
tion of the radiative transfer equation (Jiménez-Aquino and Varela, 2005), and allows for a multi-layer,
heterogeneous snow profile. TARTES returns a spectral albedo and a radiation absorption profile within
the snowpack.

Coupling RRTMsw with TARTES is not trivial. It is computationally too expensive to run TARTES
for the hundreds to thousands wavelengths that are required to derive the spectral albedo of a snow
profile in full detail. Moreover, the spectral irradiances are lacking in RACMO2 to convert the spectral
albedos to a narrowband albedo, i.e., the weighted albedo of a spectral band. Neither can TARTES
be run in a broadband mode equivalent to RRTMsw. Therefore, fourteen predefined representative
wavelengths are determined, which leads to correct albedos for each spectral band in RRTMsw. A
representative wavelength (RW) depends on the irradiance distribution and albedos within a spectral
band, which in turn depends on atmospheric conditions, e.g., liquid water clouds, ice clouds, water
vapour, aerosols, and the SZA (Leckner, 1978; Gueymard, 2001; Hussain, 1984). In order to determine
the RWs, TARTES is coupled with the libRadtran software package (Mayer and Kylling, 2005) using the
Discrete Ordinates Radiative Transfer Program for a Multi-Layered Plane-Parallel Medium (DISORT,
Stamnes et al., 1988, 2000) and this combination has been run for different atmospheric and solar
conditions in high spectral detail. The coupling framework forms the new Spectral-to-NarrOWBand
ALbedo module (SNOWBAL, version 1.2).

The remainder of this paper consists of six sections, starting with a description of the method and
models used in Sect. 3.2. Section 3.3 discusses the optimization method of predefining RWs to assess
the relevant quantities to consider. Section 3.4 deals with the numerical particularities required for the
implementation. Section 3.5 presents the first results of an offline coupling case of TARTES using
RACMO2 output for South Greenland in 2007, and compares this with results from the broadband
albedo schemes of RACMO2 and PKM. The final sections discuss our findings, summarize the results
and provide an outlook.
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Figure 3.1: Direct shortwave irradiance and albedo as a function of wavelength for a fresh snow
layer, clear-sky conditions and a SZA of 53◦. The albedo is derived with TARTES and the irradiance by
DISORT. The first twelve shortwave spectral bands of RACMO2 are numbered and indicated by vertical
dashed lines. Bands 13 and 14 are left out as they have a negligibly small irradiance and a snow albedo
close to 0.

3.2 Method

In this section, the models RACMO2, TARTES and DISORT are described, and the method to couple
TARTES with RACMO2 and its numerical implementation is discussed.

3.2.1 Regional climate model

The polar (p) version of the Regional Atmospheric Climate Model (RACMO2), version 2.3p2, com-
bines the physics for surface and atmospheric processes from the European Center for Medium-Range
Weather Forecasts (ECMWF) Integrated Forecast System (IFS), cycle 33r1 (ECMWF, 2009), with the
atmospheric dynamics from the High Resolution Limited Area Model (HIRLAM), version 5.0.3 (Undén
et al., 2002). RACMO2 is developed at the Royal Netherlands Meteorological Institute (KNMI) and
the polar version is further adapted for glaciated regions at the Institute for Marine and Atmospheric
Research (IMAU), by including a dedicated glaciated tile that describes in detail the ice-atmosphere
interaction and the snow and ice processes in the snow column (Noël et al., 2015).

Shortwave radiation in RACMO2 is computed by the embedded atmospheric radiation scheme of the
ECMWF, RRTMsw, which uses fourteen contiguous spectral bands, ranging from 200 to 12500 nm
(Fig. 3.1). These bands are constructed around the important absorption lines for the atmosphere (Mor-
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crette et al., 2008). The sub-band albedo and energy distribution can vary considerably, e.g., band 6 and
8 are wide and contain significant fractions of the incoming radiation (Fig. 3.1). RRTMsw computes
instantaneous flux profiles for clear-sky and total-sky conditions.

The current snow albedo scheme for glaciated gridboxes is a plane-parallel, two-layer broadband albedo
parameterization, which is based on the parameterization of Gardner and Sharp (2010, GS) and includes
the effect of grain radius, solar zenith angle, cloud cover and impurities on albedo. Kuipers Munneke
et al. (2011) further enhanced the parameterization by adding an altitude-dependent term for the optical
thickness during clear-sky conditions. The GS albedo scheme indirectly depends on wavelength using
tuning parameters. Albedo computations are limited to the first two snow or ice layers, with the lowest
layer considered as a semi-infinite background layer. In theory, this incorporates the effect of radiation
penetration. However, in practice radiation penetration is neglected as the uppermost two layers are
together typically less than 8 cm thick, but for fresh snow conditions often much less, and only the
uppermost layer defines the albedo in case of fine grained snow with some impurities (Gardner and
Sharp, 2010, Eq. 13). The albedo scheme of Kuipers Munneke et al. (2011, PKM) is similar to GS,
with the sole difference that PKM uses multiple snow layers and derives the albedo from the model
layer albedos using an exponentially decreasing factor. However, PKM is not embedded in RACMO2
and is used for comparison only. In RACMO2, the effective grain radius reff defines the grain size,
implying spherical particles. The effective grain radius relates to the specific surface area (SSA) with:

SSA =
3

reffρice
, (3.1)

with ρice the density of ice (917 kg m−3). Snow metamorphism, i.e., the growth of reff in time, is
modeled using the dry and wet snow growth rates (Brun et al., 1989; Flanner and Zender, 2006).

RACMO2 lacks impurity parameterizations for snow and ice that can model the large spatial and tem-
poral variability of e.g., soot in snow and cryoconite in glacial ice (Bory et al., 2002; Tedesco et al.,
2016). In RACMO2, the soot concentration in snow is temporally and spatially constant in a simulation.

3.2.2 Radiative transfer model

The Two-streAm Radiative TransfEr in Snow model (TARTES, Libois et al., 2013) provides the spectral
albedo and irradiance profile of a multi-layered snowpack for any given wavelength between 199 and
3003 nm (e.g., Fig. 3.1). Radiative fluxes are calculated for both direct and diffuse radiation, using
the δ -Eddington approximation (Joseph et al., 1976). Diffuse radiation is approximated as a direct
beam at a SZA of 53◦. The refractive index of ice, which is calculated by Warren and Brandt (2008),
but also physical properties of a snowpack (e.g., density, grain radius, grain shape, impurity load) and
the SZA for direct radiation, have to be prescribed. The grain size is expressed in terms of SSA, and
grain shape is determined by a geometrical optics asymmetry parameter gG, with the total asymmetry
parameter g = 1

2 (1+ gG) for non-absorbing particles, and an absorption enhancement parameter B.
This absorption enhancement parameter represents the changing photon path length within a grain due
to internal reflections. These parameters allow for complex grain shapes. The parameters B and g can
be computed for spheres and prove to be quite successful for albedo calculations (Gallet et al., 2009;
Grenfell and Warren, 1999), but much less for transmittance or penetration depth simulations. Libois
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et al. (2014) demonstrate that g cannot be determined based on optical measurements, because it is
coupled to SSA, and must be assumed somehow. The relative success of spheres for albedo calculations,
which depends on B/(1−gG), means that any shape such that B/(1−gG) equals that of spheres should
be quite efficient for albedo simulations. Hence, the best estimate of g would be such that B/(1−gG)

equals the value for spheres. As TARTES is a spectral model, it does not allow for narrowband or
broadband calculations.

Unless stated otherwise, we evaluate TARTES on a four-layered snowpack, with layer thicknesses of:
0.2, 0.5, 1.0, and 3.0 m from top to bottom, respectively. The density and SSA per layer are, from top
to bottom, 200, 300, 350 and 450 kg m−3 and 40, 15, 10 and 3.0 m2 kg−1, respectively. These layers
represent a winter fresh snowpack on top of melted snow of the previous year. As discussed later in
detail, the sensitivity of the resulting snowpack to the exact snowpack properties results is low.

3.2.3 DISORT

The Discrete Ordinate Radiative Transfer (DISORT) solver (Stamnes et al., 1988, 2000) computes a net
shortwave radiation flux at the surface for direct and diffuse radiation for atmospheric conditions that
are prescribed using the libRadtran software package (Mayer and Kylling, 2005). DISORT considers
a plane parallel, scattering and absorbing atmosphere for a monochromatic and unpolarized beam of
light at a given angle. The pseudo-spherical variant SDISORT (Dahlback and Stamnes, 1991) also
accounts for atmospheric curvature, which is particularly relevant for high SZA. SDISORT is used
in this paper and is called DISORT from now on unless stated otherwise. Thirty-two streams, i.e.,
computational polar angles, are used to solve the radiative transfer equation (Stamnes et al., 2000). Net
shortwave radiative fluxes are computed for wavelengths between 250 and 3077 nm in 2450 spectral
bands. These bands have a high resolution for visible light, i.e., in the order of a few tenths of a
nanometer, and a lower resolution for near-IR radiation, i.e., in the order of a few nanometers. For
the runs presented here, a subarctic winter atmospheric profile is chosen, which is one of the Air Force
Geophysics Laboratory (AFGL) standards (Anderson et al., 1986), but the water vapour load is changed
according to conditions. Rural type aerosols during winter are set up by the aerosol model by Shettle
(1990) for a 2 km thick boundary layer and a background aerosol load above the boundary layer, but the
sensitivity of the aerosol load to the results is low. Both the subarctic winter atmospheric profile and the
aerosol type and load are the closest representation for the Arctic that we can prescribe in the libRadtran
package. The surface albedo of DISORT is prescribed in libRadtran with a spectral albedo profile of
TARTES. The surface albedo does not, per definition, matter for the direct downward radiative flux. As
diffuse radiation is approximated as a direct beam with a SZA of 53◦ by TARTES, such an albedo curve
should be suitable for all SZAs for the diffuse downward radiative flux. Still, some part of the diffuse
flux is due to direct radiation that is scattered back by the atmosphere after reflecting at the surface
first. For this part, a spectral albedo curve depending on SZA would be more suitable, but would have
a second order effect on DISORT with respect to other variables. Therefore, a spectral albedo profile
of TARTES using a SZA of 53◦ for the reference snowpack is sufficient enough to use as the surface
albedo of DISORT.

A liquid water or ice content in the atmosphere can be inserted manually at a chosen height. The
effective droplet radius for ice and water clouds are set to 20.0 µm and 10.0 µm, respectively, which are
realistic radii for clouds in the Arctic (Stubenrauch et al., 2013; Fitzpatrick et al., 2004; Mahesh et al.,
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2001; Fu, 1996; Key et al., 2002; King et al., 2004). The entire cloud ice content, i.e., the vertically
integrated ice water content, or ice water path (IWP), is homogeneously located in a layer between 6 and
7 km above the surface, which is a typical height for high Arctic ice clouds (Garrett et al., 2001). The
cloud liquid water concentration is homogeneously located in a layer between 2.0 to 4.0 km above the
surface. For vertically integrated liquid water content, or liquid water path (LWP) above 10.0 kg m−2,
the liquid water concentration is distributed between between 2.0 and 6.0 km to prevent excessively high
concentrations. SDISORT does not provide reliable fluxes for clouds with LWP or IWP > 0.5 kg m−2,
hence the regular DISORT solver is used instead for these cases.

3.2.4 SNOWBAL

There is no simple method to couple TARTES with RACMO2. If the spectral albedo, which is from
now on simply called the albedo, is determined in detail using many wavelengths (e.g., Fig. 3.1), this
would lead to a significant numerical burden, although it is likely possible to parameterize this spectral
curve using in the order of thirty well-chosen spectral albedos. Moreover, it would not deliver accurate
narrowband albedos as the impact of sub-band irradiance variations is not taken into account. Similarly,
using the median wavelength would be computationally more efficient, but inaccurate. Therefore, we
determine representative wavelengths (RWs) depending on atmospheric conditions (e.g., LWP, IWP)
and SZA for each band. Some bands are broad, thus splitting these spectral bands up in smaller intervals
has been considered to improve the representation of sub-band albedo variability. However, RACMO2
does not compute sub-band energy fluxes. Hence, even with an efficiently derived fully spectral snow
albedo or with smaller spectral bands, it would not be possible to estimate the snow albedo accurately
within RACMO2 as sub-band energy fluxes are essential, but unavailable. Therefore, we discard this
approach.

For the computation of RWs, a weighted mean of the sub-band albedo is computed, using the solar
energy distribution within a band provided by DISORT. This weighted mean of a band then corresponds
with a certain representative wavelength. For this wavelength, TARTES would produce exactly the
weighted mean albedo. This coupling framework forms the Spectral-to-NarrOWBand ALbedo module
(SNOWBAL, version 1.2).

In many bands, e.g., band 6 or 8, the albedo is not a continuously decreasing function (Fig. 3.1). Two
or more wavelengths can therefore represent the same weighted mean albedo. To avoid interpolation
errors that would lead to erroneous narrowband albedos, we made sure that the RWs remained in a
spectral interval over which the albedo is continuously increasing or decreasing.

For the determination of the RW, we evaluate the relevance of the snow profile, SZA, aerosol concen-
tration, direct to diffuse ratio and the liquid and ice water content in the atmosphere. We select the most
relevant parameters to make a scheme of RWs. Computational time and memory usage in RACMO2
limits the number of variables that can be used to compute the RW to preferably no more than three.

The coupling of TARTES with RACMO2 requires a lookup table of RWs as a function of the relevant
variables for each of the first twelve spectral bands. The snow and ice albedo of the last two bands,
ranging from 3077 - 3846 nm and 3846 - 12500 nm, is very low. Therefore, the albedo is set to zero and
no RW is required. The most suitable RW is determined by linear interpolation. These RWs are then
given to TARTES, which computes albedos and a radiation absorption profile for each spectral band,
which is then given back to RACMO2 for further calculations.
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TARTES distinguishes a direct and diffuse part of the incoming flux, while RACMO2 computes clear-
sky and total-sky fluxes. Therefore the clear-sky flux has to be split into a diffuse and direct radiation
part. For this, the direct to diffuse ratio of incoming solar radiation as calculated by DISORT, is deter-
mined as a function of the SZA. This direct to diffuse ratio is implemented in RACMO2 in the form
of a lookup table. Using the modeled cloud fraction, the aformentioned total-sky flux can be split into
a clear-sky part, which uses the procedure described above, and an overcast part. Usually, the direct
radiation in the overcast part of the total-sky flux is negligible and all radiation can be considered as
diffuse, so only for very thin clouds is a direct radiation flux included.

3.2.5 Model simulation settings

In order to offline compare the narrowband albedo computed by TARTES with GS as implemented
in RACMO2 and PKM, a one-year simulation, 2007, for South Greenland on a 20 km grid has been
carried out. This simulation is driven at the boundary by ERA-Interim reanalysis data (Dee et al., 2011).
As the implementation of impurities is fundamentally different in TARTES compared to RACMO2 and
PKM, clean snow is used in the simulation presented here, in order to prevent unnecessary complication
of the model intercomparision. Furthermore, because the focus of this study is on the albedo of snow,
the albedo of glacial ice is prescribed. Glacial ice, if clean, has an albedo of about 0.5, but due to
various types of impurities the albedo of glacial ice in Greenland varies between 0.2 and 0.5, with a
typical value of 0.4. In normal simulations with RACMO2 (Noël et al., 2018b), a spatially varying, but
time constant glacial ice albedo derived from MODIS data is used. Here, a temporally and spatially
constant glacial ice albedo of 0.4 is used in RACMO2 and PKM. In TARTES, a similarly low albedo is
achieved by representing glacial ice by snow with a SSA of 0.08 m2 kg−1, i.e., a reff of 0.04 m, which
is relatively close to the SSA of 0.16 m2 kg−1 found by Dadic et al. (2013) for ice at 10 m depth. As
TARTES still evaluates the effect of SZA and clouds on the glacial albedo, this albedo is not constant
in time as in RACMO2 and PKM. The asymptotic analytical radiative transfer theory (Kokhanovsky,
2004) in TARTES is valid for snow and firn, but it is invalid for a strong absorbing medium, so the
results over bare ice are only indicative. Moreover, radiation scattering in pure ice only takes place at
ice-bubble boundaries, and therefore only depends on the bubble size (Gardner and Sharp, 2010), which
is not taken into account in TARTES.

3.3 Representative wavelength

In this section, we assess the impact of various physical properties on the RW.

3.3.1 Solar zenith angle

The albedo of snow depends strongly on the solar zenith angle (SZA) (Shupe and Intrieri, 2004; Liu
et al., 2009). The SZA affects the albedo in two ways. Firstly, an increasing SZA leads to a longer path
through the atmosphere for light to travel, resulting in a higher chance to scatter and thus decreasing
the incoming radiation and a relative increase of the diffuse flux (Fig. 3.2). In addition, the spectrum
of the irradiance is shifted to larger wavelengths for higher SZA, because Rayleigh scattering is more
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Figure 3.2: Irradiance and albedo as a function of wavelength for clear-sky conditions for (a) direct
and (b) diffuse radiation for SZA = 35.33◦, SZA = 70.67◦ and SZA = 82.44◦. The albedo is derived by
TARTES for a fresh snow layer and the irradiance by DISORT. The narrowband albedo for each of the
first twelve spectral bands of RACMO2 is indicated by the dashed line. The black vertical lines on the x
axis indicate the spectral band edges of RACMO2. The horizontal coloured lines on the y axis indicate
the weighted broadband albedo.

effective for smaller wavelengths. Secondly, for clear-sky conditions an increasing SZA results in a
shallower angle of incidence in the snowpack and less vertical penetration in the snow. As a result,
light is scattered more easily out of the snowpack and the impact of the upper snow layers becomes
more important than the deeper layers. These upper layers are often fresh snow layers, characterized by
strong scattering, and thus the net albedo will increase (Gardner and Sharp, 2010).

Figure 3.2a shows the albedo computed with TARTES for direct radiation and the shortwave irradiance
computed by DISORT for three values of SZA. The figure indicates large sub-band variations in the IR
part of the spectrum, e.g., band 6 and 8 (see also Fig. 3.1), leading to weighted mean albedo differences
between SZAs of those bands, and therefore also for the RW. Consequently, it is imperative to take
sub-band deviations into account when considering SZA. The impact of SZA on the albedo of diffuse
radiation is less pronounced (Fig. 3.2b). In TARTES, diffuse radiation is modeled as an incoming
direct solar beam at a SZA of 53◦. As a result, the path for light to travel through the snow is not
changed. Still, the spectral distribution of the incoming flux is altered, which affects the narrowband
albedo slightly.

In order to show the added value of narrowband albedos and the performance gain by using RWs, the
root-mean-square error (RMSE) between estimated narrowband albedos derived with several approxi-
mation methods and the best estimate, derived with fully spectral DISORT and TARTES calculations,
are analyzed. The RSMEs are weighted using the band irradiance for that specific situation in order
to emphasize relevant narrowband albedo deviations. Small albedo differences may have large un-
foreseen consequences on the energy budget and subsequent development of the snowpack, so only a
RMSE of 0.01 or lower is deemed acceptable. All the tests discussed below use the default atmospheric
conditions and snow properties.
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Figure 3.3: Weighted albedo root-mean-square error (RMSE) of the estimated albedos with respect to
the narrowband albedos derived from the fully spectral TARTES-DISORT calculations, for direct and
diffuse irradiance. The SZA-independent albedo is computed at SZA = 53◦.

Firstly, broadband albedos as a function of SZA are tested. The broadband albedo, which is for direct
radiation and for the atmospheric and snow conditions described in the method section close to 0.78 for
most SZAs (except for high SZA), and is used to compute a RMSE for each band. The RMSE is very
high, i.e., larger than 0.1, for all spectral bands except band 6, because the spectral albedo is much higher
than the broadband albedo for bands 1 to 5 and much lower for bands 7 to 12 (Fig. 3.1). Consequently,
the weighted RMSE is very high. Therefore, neglecting the spectral dependency of albedo leads to
significant errors, irrespective of the SZA (Fig. 3.3). Lower RMSEs are found for diffuse than for direct
irradiation, as the diffuse radiation is more concentrated at smaller wavelengths where the snow albedo
is high and rather constant. Next, the RSME is analyzed if the narrowband albedo is represented by the
albedo of the median wavelength of the band. Including the spectral variation of snow albedo in this very
simplified manner already reduces the RMSE strongly compared to a broadband albedo description, but
remains inaccurate, i.e., larger than 0.01. Clearly sub-band variations in irradiance and albedo have a
strong impact on the narrowband albedo. Thirdly, RWs are tested, but without a dependency of the
RW to the SZA, as an insignificant dependency would allow a simplified implementation of TARTES
in RACMO2. For this test, the RWs for a SZA of 53◦ are used, as this is the SZA of diffuse radiation
in TARTES. Consequently, the diffuse RWs are correct for this SZA and thus the RMSE is 0. For other
SZAs, the RMSE is one order of magnitude less than if the median wavelength of the band is used,
but the RMSE is still significant. Of course, the reference SZA can be optimized to provide correct
narrowband albedos for low or high SZA, but the results presented in Fig. 3.2 show that in any case
large errors would be made, if we move away from this reference SZA. For diffuse radiation, the RMSE
is small, i.e., smaller than 0.01, as it is only driven by variations in the distribution of incoming energy
within bands. Concluding, for clear-sky conditions, RWs must be a function of the SZA for accurate
narrowband albedo estimates.
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Figure 3.4: Irradiance and albedo as a function of wavelength for clear-sky conditions for various
IWV values for (a) direct and (b) diffuse radiation for SZA = 53◦. The albedo is derived by TARTES
for a fresh snow layer and the irradiance by DISORT. The narrowband albedo for each of the first
twelve spectral bands of RACMO2 is indicated by the dashed line. The black vertical lines on the x axis
indicate the spectral band edges of RACMO2. The horizontal coloured lines on the y axis indicate
the weighted broadband albedo. The water vapour is distributed vertically in the same manner as the
default subarctic winter, which has a IWV of approximately 4 kg m−2.

3.3.2 Aerosols and preciptable water

For cloud free conditions, other physical properties than SZA potentially impact the RW. In the follow-
ing sections, we assess whether these properties must be taken into account. Below, we compare the
narrowband albedos obtained using the RWs as function of the SZA derived with the default TARTES
and DISORT settings as a reference and compare these narrowband albedos with those for altered at-
mospheric conditions.

Aerosols significantly influence the incoming solar radiation at the surface (Satheesh and Moorthy,
2005). Here, rural winter aerosols for a subarctic winter atmospheric profile are prescribed in the
libRadtran package. Assuming an aerosol-free atmosphere leads to a higher RMSE, but is still accept-
able, i.e., < 0.01. This indicates that changing the aerosol load does not lead to a relevant narrowband
albedo change.

The effect of water vapour on the solar spectrum is considerable and has been known for a long time
(Abbot, 1911), and as such, the impact of the vertically integrated water vapour (IWV) on the narrow-
band albedo has to be investigated. The IWV of the default subarctic winter profile is relatively low
and about 4 kg m−2 (Anderson et al., 1986). Although this IWV is common in Greenland, it is spa-
tially variable and can increase considerably during summer (Castellani et al., 2015). In libRadtran, the
IWV can be varied while still retaining the relative vertical distribution of water vapour of the subarctic
winter. The IWV is varied for both direct and diffuse radiation for clear-sky conditions (Fig. 3.4). For
direct radiation, the impact on mostly the near-IR irradiance is significant and consequently also on the
narrowband and broadband albedo. The broadband albedo for 2, 10 and 40 kg m−2 IWV is 0.785, 0.803
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Figure 3.5: Diffuse spectral irradiance at the surface computed by DISORT, and spectral albedo,
computed by TARTES, as a function of wavelength. The narrowband albedo for each of the first twelve
spectral bands of RACMO2 is indicated by the dashed lines for LWP = 0.0, 1.0 and 10.0 kg m−2. The
black vertical lines on the x axis indicate the edges of the spectral bands of RACMO2. The horizontal
coloured lines on the y axis indicate the mean broadband albedo, weighted over the entire spectrum.

and 0.820 respectively. Diffuse radiation for both clear-sky and cloudy conditions, on the other hand, is
affected only to a limited extent. Although the narrowband albedo is altered considerably for band 8, the
impact on the broadband albedo is limited, because most of the near-IR radiation is already filtered out.
The broadband albedo for clear-sky diffuse radiation for 2, 10 and 40 kg m−2 IWV is 0.956, 0.951 and
0.956 respectively. In addition, the broadband albedo for subarctic winter with default IWV is 0.950.
The variations in broadband albedo for clear-sky diffuse radiation are considerably less than for direct
radiation. Similar variations are also found for cloudy conditions. In conclusion, it is only necessary to
take IWV into account for direct radiation, while IWV can be safely omitted for diffuse radiation for
both clear-sky and cloudy conditions. Therefore, the default subarctic winter profile is used for diffuse
radiation for clear-sky and cloudy conditions.

3.3.3 Cloud cover

Both ice and water clouds are known to strongly affect the incoming solar radiation in intensity, spectral
distribution and angular distribution (Warren, 1982; Gardner and Sharp, 2010; Dang et al., 2015), and
alter the broadband albedo, but have not been taken into account yet. Even a thin cloud nullifies the
direct irradiance in favor of the diffuse irradiance. Figure 3.5 illustrates the effect of cloud cover on the
diffuse spectral irradiance at the surface and the albedo. In this figure, liquid clouds are analyzed and
the SZA of diffuse light is constant at 53◦. For clear-sky conditions (LWP = 0.0 kg m−2), a large part
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Figure 3.6: Weighted RMSE as a function of IWP and SZA, for LWP = 0.1 kg m−2, (a) if the depen-
dency of RWs to IWP and SZA is neglected, with RWs valid for IWP = 0 and LWP = 0.1 kg m−2; (b) if
the SZA dependency of RWs is neglected and taken at SZA = 53◦.

of the incoming solar radiation at the surface is IR, for which the albedo is very low. With a gradual
thickening of clouds, almost all IR radiation is filtered out and the broadband albedo increases. The
shift towards shorter wavelengths results in a shift of the RW as well, causing the narrowband albedo to
strongly vary as function of LWP. For example, the narrowband albedo of band 6, which ranges between
778 and 1242 nm and contains a large amount of energy, gradually increases from 0.85 to 0.93. Similar
results are found for ice clouds. Concluding, such large differences in narrowband albedo cannot be
neglected, so the RW must be a function of LWP.

To test whether SZA, LWP and IWP are all relevant factors for the RW for diffuse irradiation, we assess
the errors made if those factors are neglected. For example, Fig. 3.6a shows the weighted RMSE of
the derived narrowband albedos as a function of IWP and SZA, with a constant LWP of 0.1 kg m−2.
Hence, it shows whether RWs derived when LWP = 0.1 kg m−2 and IWP = 0.0 kg m−2 would also
provide realistic narrowband albedos for other values of IWP and SZA. Again, a RMSE of 0.01 or
lower is deemed acceptable. In Fig. 3.6a, a limited dependency of the RSME to SZA is found, only
for very high SZA larger deviations arise. More important are the high RSMEs for IWPs between 0.1
and 1.0 kg m−2, which are typical IWPs around the southeastern coastal zone of Greenland (Van Tricht
et al., 2016). For low IWPs (IWP < 0.1 kg m−2), the RWs derived for IWP = 0 kg m−2 are still more-
or-less valid, but for increasing IWP this assumption no longer holds. For these IWPs, near-IR light is
partly removed from the incoming spectrum, so the narrowband albedos of bands 6 and 8 have risen
substantially (similarly as shown in Fig. 3.5), while these bands still receive a significant fraction of
the irradiance. For IWPs larger than 1 kg m−2, irradiance is concentrated to wavelengths smaller than
800 nm for which the snow albedo is high. Hence, the RWs of spectral bands with wavelengths above
800 nm might be inaccurate, but they are of little relevance for the computation of a broadband albedo.
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Figure 3.6b shows a case where the effect of SZA on RW is left out, but the RWs do depend on the
IWP. For the RWs, a SZA of 53◦ is used. As a result, the weighted RMSE is zero for this SZA. Similar
to Fig. 3.6a, LWP = 0.1 kg m−2 and IWP and SZA are varied. For low and high SZA, the weighted
RMSE is nonzero, but negligible as maximum values are 0.002. Hence, the SZA has a limited impact
on the RW and narrowband albedos for overcast conditions.

Figure 3.7 summarizes the effect of LWP, IWP and SZA on the weighted RMSE of the derived narrow-
band albedos in more detail. In this figure, a LWP = 0.1 kg m−2 and IWP = 0.1 and 1.0 kg m−2 are
used. The simplest and numerically fastest method is to convert the true effective spectral albedo into
a broadband albedo using DISORT radiation, which is subsequently prescribed to each spectral band.
This method therefore neglects sub-band variations. Figure 3.7 indicates that the broadband albedo
method shows strong deviations, supporting Fig. 3.3 that this method is not a viable option. Using
RWs, but neglecting clouds, either with a direct SZA dependency, or with a fixed SZA, performs much
better than the broadband albedo method, but still produces a considerable RMSE. If RWs depending
on LWP and IWP are used, derived for a SZA of 53◦, the RMSE is negligible for all SZAs. For overcast
conditions, RWs do, therefore, not need to depend on SZA. Finally, it is tested if a high-resolution de-
pendency of the RW to e.g., IWP is required. For this aim, the RWs for only three IWP values are used,
namely for IWP of 0.0, 0.5 and 2.0 kg m−2, and RWs for intermediate IWPs are interpolated between
these values. Figure 3.7 shows that in that case the RMSE increases, therefore, this low-resolution de-
pendency is not an appropriate option. Similar results hold for limiting the LWP dependency to only a
few values. In summary, RWs need to depend on LWP and IWP on sufficient cloud content resolution
to capture the dependency of narrowband albedos to cloud cover. The SZA, on the other hand, can be
safely neglected.
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3.3.4 Impurities and snow profiles

Other factors controlling the narrowband albedo are the snow properties, of which impurities and snow
grain size are the most important ones. Obviously, both are known to significantly alter the spectral
albedo, as these variations are one of the primary reasons to start employing a narrowband albedo
(Warren, 1982; Hoffer et al., 2006; Painter et al., 2009; Tedesco et al., 2016). However, an alteration of
the spectral albedo does not necessarily coincide with a change of shape of the spectral albedo profile,
resulting in only minor RW changes. Consequently, the impact of snow properties on the RWs, which
is expressed as the weighted albedo RMSE, is investigated.

Figure 3.8a shows schematically the RMSEs for clear-sky and overcast conditions explored in Sect. 3.3.1
and 3.3.3, for different snow properties while using RWs depending on SZA for clear-sky diffuse, SZA
and IWV for clear-sky direct, and LWP and IWP for overcast conditions, but defined for a fresh snow-
pack on top of melted snow of the previous year. For reference, the RMSEs that arise if a broadband
albedo or invariant RWs were used, are also shown. In general, the weighted RMSE is low, i.e., smaller
than 0.01, for black carbon (BC) and HULIS. The albedo drops with impurity concentration, but the
shape of the spectral albedo profile remains largely the same. Therefore, the computed RWs are similar
to the RWs of the clean snowpack. This results in a low RMSE if the newly computed RWs are used to
compute the narrowband albedos instead. Still, the RMSE increases with impurity concentration, while
the spread decreases. The median RMSE is still low enough to be neglected safely, especially if it is
compared with the errors that would arise if fixed RWs or a broadband albedo scheme are used. The
effect of dust is not considered, because Mie scattering is not implemented in this version of TARTES.
Finally, the impact of the snow grain radius and its vertical distribution is limited on the RWs that gov-
ern the narrowband albedo. In Fig. 3.8a, the spread of RMSE of the considered snow profiles is high,
indicating a large variability, but the median is low nonetheless. In general, a typical RACMO2 winter
snow profile is more similar to the default snowpack than a typical RACMO2 summer snow profile that
has experienced surface melt, resulting in larger RMSEs for summer conditions. Still, the typical error
in the narrowband albedo for summer conditions is at most 0.01, and often lower and thus acceptable.
The broadband albedo bias shows the same results (Fig. 3.8b). A very low bias for both soot and HULIS
is observed, while the bias for the summer snow profile is higher and positive, but still low (< 0.01) and
acceptable. In conclusion, RWs depend mostly on radiation and not on snow profile states, resulting in
a low RMSE and broadband albedo bias for variables impacting the snow profile. TARTES using RWs
is therefore well capable to model the narrowband albedos for a wide range of snow profiles without
including a dependency of RWs to the snow profile state.

3.3.5 Cloud properties

LWP and IWP are chosen to represent the effect of clouds on the RW. In addition, microphysical proper-
ties of clouds such as the cloud effective radius re are known to impact the incoming radiation (Nielsen
et al., 2014). We have chosen a realistic value of re, but in practice re will vary for each instance.
Although the potential effect of re on the RWs is larger than BC and HULIS, it is still low (weighted
RMSE < 0.01) for both clouds with small and large re, i.e., re,ice, re,liquid = 15, 5 and 30, 30 µm respec-
tively (Fig. 3.8). These values for re are on the lower and upper end of the probability range one could
expect for the Arctic (King et al., 2004). Consequently, the typical weighted RMSE and bias is lower
than indicated in Fig. 3.8 and there is no need to make RWs dependent on re.



3.3. Representative wavelength 49

Figure 3.8: (a) Weighted RMSE of the broadband albedo method, fixed SZA, cloud free RW method,
BC, HULIS and snow profiles. For each variable, the weighted RMSE is calculated as a function of SZA
for clear-sky conditions for diffuse radiation, IWV and SZA for direct radiation, and as a function of
SZA, LWP and IWP for overcast conditions. Together, they form an ensemble of atmospheric conditions,
with the red line indicating the median, the box shows the 25th to 75th percentiles and the whiskers show
the 5th to 95th percentiles. The dots show the outliers beyond the whiskers. The blue box shows the
25th to 75th percentiles for cloudy conditions if limited to LWP and IWP < 1.0 kg m−2, with the dark
orange line indicating the median. Low and high concentrations of BC and HULIS are considered. In
addition, a hypothetical old snow profile is assessed, which consists of four layers with a density of 350,
400, 500 and 700 kg m−3 and a SSA of 10, 5, 1 and 0.1 m2 kg−1. The weighed RMSE of a typical
winter and summer snow profile are assessed as well. These profiles are extracted from RACMO2, and
consist of many layers. The summer profile includes the impact of melt in the upper snow layers. The
impact of cloud effective radius re is evaluated for small and large values, i.e., re,ice, re,liquid = 15, 5 and
30, 30 µm respectively. Finally, the τ-approach is shown, as is described in Sect. 3.3.5. Only cloudy
conditions are considered for the cloud effective radius and τ-approach. (b) The broadband albedo
bias for the same variables. The bias of the broadband albedo method is 0 by construct and therefore
left out.

An alternative to the approach described in Sect. 3.3.3 is the use of the cloud optical thickness τ in-
stead of LWP and IWP to calculate RWs. This would be a valid approach if the spectral distribution
is not altered considerably differently for ice clouds than for water clouds, as otherwise it would result
in different RWs. Some differences between ice and liquid clouds are observed and are mostly caused
by the various possible grain shapes and orientations of ice grains (King et al., 2004; Wyser and Yang,
1998). Still, a method using τ could be used if the uncertainty is small enough, but a choice regarding
what type of clouds to compute τ for, i.e., ice clouds, liquid water clouds or a combination, and its
cloud properties has to be made nevertheless and will inevitably lead to uncertainties. We tested this
“τ-approach”, hence derived RWs as a function of τ for pure ice clouds, and linearly interpolated RWs
for a given τ for liquid water clouds or a combination of liquid water and ice clouds. The approach per-
forms reasonably well (Fig. 3.8), but the spread is large. If the statistical analysis of the “τ-approach” is
limited to common LWPs and IWPs in the Arctic (< 1.0 kg m−2, see Fig. 3.9), the RMSE is rather high
(blue box and dark orange median in Fig. 3.8), especially compared to the other parameters considered.
Therefore, we decided not to use the cloud optical thickness as leading parameter to compute RWs.
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Figure 3.9: Final lookup table with RWs for band 6. Colours express the corresponding albedo for
the default snowpack. (a) The two-dimensional table for overcast conditions, depending on IWP and
LWP, and (b) clear-sky conditions table for diffuse radiation and the fraction of incoming radiation that
is direct as a function of SZA. The white square at LWP, IWP = 0.0 kg m−2 of the overcast table in (a)
indicates the conditions when the clear-sky table of (b) is required. The lookup table for direct radiation
is not shown, but is similar to (a) with SZA and IWV as dimensions.

3.4 Numerical implementation

In Sect. 3.3, it has been shown that SZA for clear-sky diffuse, SZA and IWV for clear-sky direct,
and LWP and IWP for overcast conditions, are the most relevant factors controlling the RWs that are
required to run TARTES in narrowband mode. Hence, three lookup tables were derived for each band,
using the default aerosol loading and snow profile. The first lookup table is a two-dimensional table for
overcast conditions, as the RWs depend on LWP and IWP. Similarly, the second lookup table depends
on SZA and IWV for clear-sky direct. This lookup table varies between 0.5 and 40 kg m−2 for IWV
in ten steps, with a smaller interval between 0.5 and 10 kg m−2. The third lookup table depends only
on SZA for diffuse radiation for clear-sky conditions. As an example, the lookup tables for cloudy
conditions and clear-sky diffuse for band 6, which ranges between 778 and 1242 nm, are shown in
Fig. 3.9. The sub-band spectral shift due to clouds and its albedo effect (Sect. 3.3.3) is clearly visible
in a shortening of the RW for high LWP and IWP, leading to a higher narrowband albedo. Linear
interpolation between RWs is used for conditions between the provided values of the lookup tables. For
very thin clouds (LWP < 0.05 kg m−2and IWP < 0.01 kg m−2), a part of the irradiance is direct. This is
modeled by linear interpolation, assuming that all irradiance is clear-sky for LWP and IWP = 0.0, which
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includes a direct and diffuse part following the direct fraction illustrated in Fig. 3.9, and completely
total-sky for LWP = 0.05 kg m−2 and IWP = 0.01 kg m−2. The interpolated RWs are then handed over
to TARTES to compute a narrowband albedo.

On some occasions, such as a thick cloud cover or a high SZA, DISORT computes no incoming solar
radiation for some bands. As a result, a RW cannot be computed. These missing RWs were filled with
the valid RWs of the most similar conditions. The lookup table of Fig. 3.9 contains high values of IWP
and LWP to allow RACMO2 to be run for lower latitudes and to ensure that RWs are always calculated,
even if RACMO2 would produce unusually thick clouds. The albedo for direct radiation for clear-sky
conditions is computed in a similar way, but the lookup table depends on SZA and IWV instead of LWP
and IWP.

Finally, TARTES evaluates the albedo for direct and diffuse irradiance, while RRTMsw in RACMO2
is run for clear-sky and total-sky conditions. Therefore, the lookup tables for clear-sky conditions are
extended with the direct to diffuse irradiance ratio as function of the SZA, as derived using DISORT.
Hence, two narrowband albedos have to be computed for all twelve bands for (near) cloud-free atmo-
spheric conditions, one for direct and one for diffuse irradiance. One call to TARTES for each band
is sufficient if the cloud fraction is 1 and either the LWP or IWP is larger than 0.05 or 0.01 kg m−2,
respectively. For fractional cloud cover or if LWP and IWP are lower than 0.05 and 0.01 kg m−2, re-
spectively, TARTES is called upon for both clear-sky and total-sky conditions, which results in three
calls to TARTES. If LWP and IWP are 0.0 kg m−2, clear-sky conditions equal total-sky conditions,
resulting in two calls to TARTES.

3.5 Offline comparison with broadband albedo
models

In order to assess the difference between TARTES, run in narrowband mode, with more traditional
approaches, we compare here the albedos derived with TARTES using SNOWBAL with the param-
eterizations of Gardner and Sharp (2010), GS, which is also the default scheme in RACMO2, and
Kuipers Munneke et al. (2011), PKM. All results presented here use the atmospheric conditions, nar-
rowband downwelling shortwave fluxes and snow profiles computed by RACMO2. Figure 3.10 shows
examples for winter (a-e) and summer (f-j), respectively. The winter snow albedo (a) is generally high
due to slower snow metamorphism and limited melt. During summer (f), melt events and subsequent
refreezing alters the internal structure of the snowpack, resulting in snow compaction and decreasing
SSA. Furthermore, glacial ice with low albedo is exposed in the ablation zone along the western margin.
The domain averaged albedo of TARTES is lower than RACMO2, both in winter (b) and in summer
conditions (g). A significant part of the differences between TARTES and RACMO2 are due to the
fact that RACMO2 only considers the top two layers of the snowpack, regardless of the thickness. The
differences between TARTES and PKM are generally less (c, h), leading us to conclude that the miss-
ing impact of deeper layers in RACMO2 leads to overestimated albedos. Still, large differences remain
between TARTES and PKM. For fully overcast conditions (d, i), the differences are primarily due to the
spectral variable radiation penetration into the snowpack. In winter, when the snow grain size gradually
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Figure 3.10: (a, f) Broadband albedo computed by TARTES using RACMO2 output for South Green-
land during 15 February 2007, 12:00 UTC (upper row, 9:00 local time) and 15 July 2007, 12:00 UTC
(lower row, 9:00 local time), (b, g) albedo difference between TARTES - RACMO2, (c, h) albedo dif-
ference between TARTES - PKM, (d, i) cloud cover, (e, j) and SZA. For (a - c) and (f - g), the domain
averaged mean is indicated in the lower left corner. A plus symbol indicates the location of a time series
analysis.

increases in the snowpack, TARTES estimates generally higher albedos than PKM for large regions of
the ice sheet. For the specific summer situation of (f-j) that includes previously melted snow covered
by freshly fallen snow, TARTES estimates lower albedos than PKM.

In the winter example, when the SZA is large (e) compared to the summer example (j), TARTES
calculates a substantially lower albedo than RACMO2 and PKM for the southern tip of Greenland,
which is cloud-free at that specific moment (d). This difference can be explained by the fact that two
compensating effects occur for large SZA during clear-sky conditions. Firstly, a large SZA results in
photons being more likely to scatter out of the snow, resulting in a reduced penetration and an increased
albedo. Moreover, photons travel a longer path through the upper fresh snow layers before reaching
older layers with a reduced SSA, which also increases albedo. Secondly, Rayleigh scattering in the
atmosphere causes a spectral shift towards larger wavelengths, for which the albedo of snow is relatively
low (Warren and Wiscombe, 1980; Ackermann et al., 2006; Warren et al., 2006; Gardner and Sharp,
2010). This spectral shift is not or not sufficiently included in PKM and RACMO2 (Fig. 3.11). For
high SZA, DISORT models a clear spectral shift towards longer wavelengths, limiting the increase of
the broadband albedo. If this effect is left out (black dashed line) the broadband albedo is much higher.
Hence, the difference between the black solid and dashed line indicates this albedo decrease is not
induced by the RW-approach, but by general red-shift in the incoming radiation. A similar effect does
not occur for overcast conditions. Clouds preferentially absorb light in the IR part of the spectrum,
nullifying the spectral shift induced by atmospheric Rayleigh scattering.

Figure 3.12 shows a time series for 2007 at 15:00 UTC (12:00 local time) at the location indicated in
Fig. 3.10. One data point per day is shown to remove the daily cycle in insolation and albedo, which
would clutter the graphs. As for most of the ice sheet, clouds frequently cover the sky fully, but these
clouds are often thin. Furthermore, this site experienced in this year three rather short melt periods. In
line with Fig. 3.10 and 3.11, TARTES and PKM systematically estimate lower albedos than RACMO2
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Figure 3.11: Example broadband albedo as a function of wavelength for the parameterization of
Gardner and Sharp (2010), Kuipers Munneke et al. (2011) and TARTES. The spectral albedo of TARTES
is weighted with energy fluxes derived with DISORT (in black, solid line) or with the energy fluxes
valid for a SZA of 53◦ (black, dashed line) to compute a broadband albedo. The surface pressure in
libRadtran is set to 900 hPa.

(Fig. 3.12b - d). During the winter months and with overcast conditions, the albedo difference between
TARTES and PKM is limited, indicating the importance of the deeper snow layers on the snow albedo.
However, for clear-sky conditions with a high SZA, TARTES systematically calculates lower albedos
than RACMO2 and PKM (Fig. 3.12b - f), which coincides with a spectral shift towards IR radiation
(Fig. 3.12a). Hence, the spectral shift during clear-sky conditions and high SZA is an important factor
for the snow albedo. Large albedo differences are also modeled in the period after the second melt
event. This second melt event leads to a strong metamorphism of snow and the removal of the high
SSA top snow layers (Fig. 3.12h). As a result, the albedo drops to approximately 0.75. After this
melt event, a new fresh snow layer is formed in early July. This fresh snow layer is initially very thin,
less than a millimeter, but nonetheless strongly raises the albedo of RACMO2. This limited effect of
a very thin snow layer is better represented by TARTES and PKM, where the albedo only gradually
recovers from the second melt event. Still, this recovery is modeled differently by PKM and TARTES;
TARTES has a faster recovery than PKM. The wavelength-dependent effect of radiation penetration is
thus important for a very inhomogeneous snowpack. As is expected by Kuipers Munneke et al. (2011),
this effect diminishes when the new fresh snow layer becomes thicker and the underlying old snow
profile becomes less important. Note that the differences between TARTES and PKM are typically
larger than the typical errors, i.e., smaller than 0.01, induced by using narrowband irradiance and RWs
compared to the full spectral model (Fig. 3.8b).



54 3. SNOWBAL

Figure 3.12: Time series for 2007, 15:00 UTC (12:00 local time) at the location indicated by the
plus sign in Fig. 3.10. (a) The surface downward shortwave radiation, with the total flux split into
an IR and UV plus visible radiation part; (b) broadband albedo computed by TARTES weighted with
DISORT, RACMO2 and PKM, the mean albedo is indicated by the horizontal bars; (c) the albedo
difference TARTES - RACMO2 and (d) TARTES - PKM, with red indicating a negative and green a
positive difference; (e) solar zenith angle; (f) cloud cover; (g) 2-m temperature, with red bars indicating
melt days; (h) specific surface area of the snow layers as a function of depth, with the horizontal black
bars at the bottom indicating moments without a top fresh snow layer.



3.6. Discussion 55

3.6 Discussion

We have presented the SNOWBAL module to couple a narrowband regional climate shortwave radiation
model with a spectral albedo model by using representative wavelengths. After calculating a RW,
which depends on the SZA for clear-sky conditions and on LWP and IWP for overcast conditions, a
narrowband albedo can be computed for that RW. We have shown that the albedo errors that arise due to
the use of this method are relatively small (< 0.01) The uncertainties induced by other modeled physical
properties that influence the albedo, like SSA and impurity content, are often larger.

Impurities are shown to have a limited effect on the RW and have been neglected in the time series
analysis. Still, impurities will impact the albedo. However, RACMO2 lacks a sophisticated impurity
scheme and impurities are parameterized differently compared to RACMO2 and PKM, thus making it
difficult to assess the effect of impurities on the albedo using TARTES. In future work, vertical profiles
of impurities will be included and assessed in more detail.

Small errors may also arise as the effect of snow grain shape, which is implemented in TARTES,
is not taken into account as RACMO2 does not model the grain shape evolution. In TARTES, the
effect of grain shape on the radiation penetration is parameterized using the absorption enhancement
parameter B, which signifies the enhanced absorption due to the change of the photon path within a grain
by internal reflections, and a geometrical optics asymmetry factor gG. Libois et al. (2014) assess that B
is best set to represent hexagonal plates, which then yields B = 1.6, but that the ratio B/(1−gG) should
equal that of spheres, which yields gG = 0.72. Libois et al. (2014) also demonstrate that uncertainties
in B and gG are irrelevant compared to uncertainties in SSA. Therefore, it is not deemed necessary to
include a sophisticated grain shape parameterization in RACMO2 nor to determine the effect of grain
shape on RWs. Other properties can possibly affect the spectral albedo of snow, e.g., cloud top height,
but their effect is deemed negligible compared to the other known uncertainties.

Using the cloud optical thickness instead of LWP and IWP to calculate RWs does not have the desired
result, as a distinction between ice and liquid water clouds still have to be made. Moreover, the quality
of the liquid cloud optical thickness parameterization by Slingo (1989) in the IFS part of the ECMWF
model version used in RACMO2 is limited and outdated (Hogan and Bozzo, 2018; Nielsen et al., 2014),
and is updated in later iterations of the ECMWF model, but not available yet for RACMO2. In addi-
tion, the ice cloud parameterization by Fu (1996), which is used in RACMO2, is not so reliable for
thicker clouds above surfaces with a high albedo (Nielsen et al., 2014). Therefore, the use of cloud
optical thickness in RACMO2 to determine RWs would result in an additional uncertainty on top of the
described uncertainties in Sect. 3.3.5. Hence, the option to use cloud optical thickness instead of LWP
and IWP has been dismissed.

The comparison of TARTES with RACMO2 and PKM has been limited to one year for South Green-
land, as this comparison aims to be a proof of concept. Indeed, many differences between the albedo
parameterizations of Gardner and Sharp (2010) and Kuipers Munneke et al. (2011) have been observed.
In a subsequent paper, TARTES implemented in RACMO2 will be thoroughly evaluated using in situ
measurements and remote sensing observations and its performance will be compared with other albedo
schemes.
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3.7 Conclusions

Energy fluxes in climate models are often provided in spectral bands. This study presents the simple,
yet effective SNOWBAL module to couple a spectral snow albedo model with narrowband atmospheric
radiation schemes. For this coupling, a representative wavelength is computed for each spectral band
to incorporate sub-band irradiance and albedo variations. Ideally, the RW includes the effect of many
physical processes, but numerical constraints limit this to the most important variables. For clear-sky
conditions, the SZA for both direct and diffuse irradiance, IWV for direct irradiance, and the ratio
between direct and diffuse are the primary physical properties to consider for the computation of RWs.
For overcast conditions, considering the LWP and IWP is sufficient to capture most sub-band variations
associated with cloud cover. Hence, RWs can be parameterized with three lookup tables for each
spectral band, the first for overcast conditions, providing RWs as a function of LWP and IWP, the
second for clear-sky direct as a function of SZA and IWV, the third for clear-sky diffuse, providing
RWs as function of SZA. In addition, the fraction of direct radiation with respect to the total irradiance
has to be used.

We apply the new method to couple the spectral radiative transfer in snow model TARTES with the
atmospheric radiation scheme of the ECMWF model in RACMO2.3p2, and compare the narrowband
albedo with broadband albedo parameterizations of Gardner and Sharp (2010), which is embedded in
RACMO2, and the multi-layered broadband albedo scheme of Kuipers Munneke et al. (2011), which
essentially uses GS for multiple layers. A model intercomparison for South Greenland in 2007 shows
that the domain averaged broadband albedo computed by TARTES is lower than RACMO2. A large
part of this discrepancy is because RACMO2 only considers the top two layers of the snowpack, regard-
less of thickness. The differences between TARTES and PKM are smaller, illustrating the relevance of
radiation penetration. For clear-sky conditions during winter, i.e., large SZA, we show that the spectral
shift towards larger wavelengths has a substantial impact on the albedo, resulting in an albedo decrease.
This effect is not taken into account by either RACMO2 and PKM, resulting in an albedo overestima-
tion of these parameterizations with respect to TARTES. After a melt event, fresh snow layers gradually
reform. As a consequence, the albedo of RACMO2 quickly rises to high values, because it only consid-
ers the top two layers. On the other hand, TARTES and PKM recover more gradually. Still, TARTES
and PKM recover at a different rate, which reveals the relevance of the wavelength-dependent effect of
radiation penetration for an inhomogeneous snowpack.

To conclude, a coupled spectral albedo model potentially leads to improved albedo estimates. This
study discusses the implementation strategy and provides a proof of concept. In forthcoming publica-
tions, the performance gain introduced by using TARTES in RACMO2 will be evaluated using in situ
measurements and remote sensing observations.
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Summary

Snow and ice albedo schemes in present-day climate models often lack a sophisticated radiation pen-
etration scheme and do not explicitly include spectral albedo variations. In this study, we evaluate a
new snow albedo scheme in the Regional Climate Atmospheric Model (RACMO2) for the Greenland
ice sheet, version 2.3p3, that includes these processes. The new albedo scheme uses the Two-streAm
Radiative TransfEr in Snow (TARTES) model and the Spectral-to-NarrOWBand ALbedo (SNOWBAL)
module, version 1.2. Additionally, the bare-ice albedo parameterization has been updated. The snow
and ice broadband and narrowband albedo output of the updated version of RACMO2 is evaluated
using the Programme for Monitoring of the Greenland Ice Sheet (PROMICE) and Kangerlussuaq tran-
sect (K-transect) in situ data and Moderate Resolution Imaging Spectroradiometer (MODIS) remote-
sensing observations. Generally, the modeled narrowband and broadband albedo is in very good agree-
ment with satellite observations, leading to a negligible domain-averaged broadband albedo bias for
the interior. Some discrepancies are, however, observed close to the ice margin. Compared to the pre-
vious model version, RACMO2.3p2, the broadband albedo is considerably higher in the bare-ice zone
during the ablation season, as atmospheric conditions now alter the bare-ice broadband albedo. For
most other regions, however, the updated broadband albedo is lower due to spectral effects, radiation
penetration or enhanced snow metamorphism.
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4.1 Introduction

The absorption of shortwave radiation is an important component of the surface energy balance of snow-
covered surfaces (Van den Broeke et al., 2005a; He et al., 2018b; Warren, 2019). A drop in the surface
reflectivity for solar radiation i.e., albedo leads to more absorbed energy in the snowpack, which in turn
leads to higher snow temperatures or melt. This melt-albedo feedback is initiated once snow starts to
melt and the snow structure is altered, lowering the albedo (Van As et al., 2013; Jakobs et al., 2019). It is
therefore imperative for regional and global climate models (RCMs and GCMs, respectively) to capture
snow albedo correctly in order to reproduce the current climate and to make future climate projections
for snow-covered glaciated regions such as the Greenland ice sheet (GrIS).

The albedo of snow and ice is highly spectrally dependent and also depends on various other quantities.
For clean snow, the spectral albedo i.e., the albedo as a function of wavelength is almost 1 for near-
ultraviolet (near-UV, 300-400 nm) and visible light (400-750 nm) but drops for near-infrared (near-IR,
750-1400 nm) and is low and fluctuating for infrared (IR) radiation (Fig. 4.1d; Warren and Wiscombe
(1980); Warren et al. (2006); Gardner and Sharp (2010); Dang et al. (2015); Picard et al. (2016)).
Impurities like soot and dust lower the spectral albedo significantly in the near-UV and visible part of
the spectrum (Hansen and Nazarenko, 2004; Doherty et al., 2010; Dumont et al., 2014; Tuzet et al.,
2017). Snow metamorphism, which leads to increased snow density and grain radius, alters the albedo
as well, especially for the (near-)IR radiation (Wyser and Yang, 1998; King et al., 2004; Tuzet et al.,
2019; He and Flanner, 2020). With coarser grains, light has to travel longer through ice before it
has the opportunity to reflect off a grain’s surface out of the snowpack than for fine-grained snow,
hence lowering the albedo (Wiscombe and Warren, 1980; Gardner and Sharp, 2010; Picard et al., 2012;
Warren, 2019). Fresh snow with a small grain radius, for example, has a high albedo (typically larger
than 0.8), while firn and ice, for which the grain radius has grown due to metamorphism, have a lower
albedo (typically approximately 0.55 for ice and 0.7 for firn). Likewise, snow grain shape impacts the
probability for light to reflect out of the snowpack (Libois et al., 2013; He et al., 2018a), but Dang et al.
(2016) show that a model with spherical grains can still accurately reproduce the measured spectral
albedo by adjusting the grain radius. To summarize, it is thus essential to consider the spectral albedo
of snow and ice when modeling the snowpack or ice melt.

Since incoming solar radiation also varies greatly as a function of wavelength (Gates, 1966; Leckner,
1978), the broadband albedo, i.e., the wavelength-integrated spectral albedo, is also altered by atmo-
spheric properties, like clouds and water vapour, and by the solar zenith angle (SZA) (Dang et al.,
2015). The SZA impacts the spectral distribution of incoming light, as Rayleigh scattering by the
atmosphere is more effective for shorter wavelengths, but also alters the angle of incidence into the
snowpack (Solomon et al., 1987; Gardner and Sharp, 2010; Van Dalum et al., 2019). A large SZA
results in a shallow angle of incidence, increasing the probability for light to scatter out of the snow-
pack, which increases the spectral albedo. In addition, upper snow layers are often characterized by
small grains, enhancing the spectral albedo even further. However, this increase of spectral albedo at
large SZA is partly mitigated by the red shift of the incoming direct-beam radiation due to enhanced
Rayleigh scattering in the atmosphere. During cloudy conditions, radiation is more likely to scatter,
changing the weighted average SZA and thus the spectral albedo. Furthermore, clouds and water vapor
alter the spectral distribution of radiation at the surface by filtering out IR radiation. Subsequently, the
blue shift of incoming radiation under cloudy conditions leads to an increase of the broadband albedo
even if the snow structure remains unaltered.
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RCMs and GCMs commonly perform their radiative calculations for the atmosphere on a limited num-
ber of spectral bands. The albedo of such a spectral band is defined as the narrowband albedo. Some
of these models do conduct coarsely resolved spectral calculations on a few bands, like E3SM and
CESM (Caldwell et al., 2019; Danabasoglu et al., 2020), but more often they do not use narrowband
albedos and determine a broadband albedo instead, bypassing its spectral bands and neglecting any
spectral albedo variations. Recently, progress has been made in the development of new snow albedo
parameterizations and coupling schemes, which allows for the use of spectral bands and more physical
processes to be included (Libois et al., 2013; Van Dalum et al., 2019).

In this study, we improve the snow and ice albedo parameterization in the polar version of the Regional
Atmospheric Climate Model (RACMO2) and present version 2.3p3. The polar (p) version of RACMO2
is a model developed to simulate the climate and atmosphere–surface interaction of glaciated regions,
in particular Greenland (e.g., Noël et al., 2018b) and Antarctica (e.g., Van Wessem et al., 2018). The
snow albedo scheme of previous RACMO2 versions (2.1 to 2.3p2) used an adjusted version of the
parameterization of Gardner and Sharp (2010) to derive a broadband albedo. Therefore, RACMO2
until now did not include explicit spectral albedo or spectral irradiance effects, nor an adequate radiation
penetration scheme. Introducing a new snow albedo parameterization that includes these processes is
therefore timely.

RACMO2.3p3 uses a new snow albedo parameterization using the Two-streAm Radiative TransfEr
in Snow model (TARTES; Libois et al., 2013) coupled with the Spectral-to-NarrOWBand ALbedo
(SNOWBAL) module version 1.2 (Van Dalum et al., 2019). This setup provides appropriate narrow-
band albedos for all 14 shortwave spectral bands utilized in RACMO2. TARTES also considers radi-
ation penetration for its surface albedo calculations and provides estimates of energy absorption in the
snowpack. Additionally, the new snow albedo parameterization is used to develop a new ice albedo
scheme.

Here, we present and evaluate the broadband and narrowband albedo modeled by RACMO2.3p3 for the
GrIS and compare it with remote-sensing data, in situ observations and the broadband albedo modeled
by the previous iteration of RACMO2, version 2.3p2. The remainder of this paper is made up of six
sections. Section 4.2 summarizes the changes made in RACMO2 and introduces the remote-sensing
and in situ observational data sets. Section 4.3 and Sect. 4.4 evaluate the new RACMO2 version with
these data sets. Comparisons between the albedo modeled by RACMO2 version 2.3p3 and 2.3p2 are
shown in Sect. 4.5. Finally, the sensitivity to the chosen impurity concentration of snow is analyzed in
Sect. 4.6, and results are discussed and conclusions are drawn in Sect. 4.7. The impact of the model
improvements on the climate, surface mass balance and surface energy balance of the GrIS ice sheet
will be discussed in a forthcoming publication.
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4.2 Model and observational data sets

4.2.1 Regional climate model

The Regional Atmospheric Climate Model (RACMO2) integrates the atmospheric dynamics of the
High Resolution Limited Area Model (HIRLAM; Undén et al., 2002), version 5.0.3, with the surface
and atmospheric processes of the European Centre for Medium-Range Weather Forecasts (ECMWF)
Integrated Forecast System (IFS), cycle 33r1 (ECMWF, 2009). The polar version of RACMO2, ver-
sion 2.3p2, from now on abbreviated to Rp2, is adapted for glaciated tiles by using a multilayer snow-
pack that interacts with the atmosphere and involves processes within the snow column, such as melt
and refreezing. Rp2 is introduced in more detail in Noël et al. (2018b). At the lateral boundaries,
RACMO2 is forced with ERA-Interim data (Dee et al., 2011). In the new RACMO2 version, 2.3p3,
from now on abbreviated to Rp3, two components have been adjusted, the multilayer firn module and
the snow and ice albedo parameterizations for glaciated regions.

Multilayer firn module updates

In Rp3, the multilayer firn module has been rewritten to improve code efficiency and reduce numerical
diffusion. As the surface albedo depends on the structure of the snowpack, any changes made to the
multilayer firn module are therefore also important to discuss. The update of this module consists of
four modifications.

Firstly, Rp2 used a prognostic fresh snow layer, which is effectively a sublayer of the uppermost snow
model layer. In Rp3 this fresh snow layer is removed; instead, the uppermost layers are allowed to be
very thin i.e., in the order of millimeters, thus containing fresh snow only. For heat diffusion calcula-
tions, these thin layers are treated as a single layer to maintain numerical stability. If melt or refreezing
occurs in one of these layers, their individual temperature is estimated obeying the temperature gradient
and conserving their combined heat content.

Secondly, in Rp2 layers below a threshold thickness merged with the first layer below. In Rp3, a layer
merges with the adjacent layer having most similar density and grain size. Furthermore, undesired
numerical diffusion is avoided by implementing mass redistribution if a thin layer merges with a thick
layer. A layer containing glacial ice is not allowed to merge with layers that are formed locally, i.e., by
snow deposition on this grid point. This allows for the formation and preservation of layers with ice
lenses.

Thirdly, internal energy absorption heats subsurface snow layers and can induce melt. In Rp3, melt
will only thin a subsurface snow layer i.e., a layer with a density below 700 kg m−3 and not change its
density. For ice layers i.e., with a layer density larger than 830 kg m−3 melt creates pore space, reducing
the layer density, and no thinning occurs. For firn with intermediate densities, the induced layer thinning
fraction linearly decreases from 1 to 0 between 700 kg m−3 and 830 kg m−3. The resulting density is
adjusted accordingly. Melting of the uppermost layer always leads to thinning, regardless of its density.
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Finally, the initialized ice density is increased from 910 kg m−3 to 917 kg m−3, which is more in
agreement with observations (Bader, 1964) and is used to convert the effective grain radius into a
specific surface area (SSA). Furthermore, as ice layers melt, pore space is created, which lowers the
layer density. The lower density for bare-ice layers then indicates that air bubbles are present within the
ice.

Snow albedo

Rp2 used a plane-parallel broadband snow albedo scheme based on Gardner and Sharp (2010) that
depended indirectly on wavelength in the form of tuning parameters and is limited to two snow layers.
This albedo scheme parameterized albedo variations due to a changing SZA; grain radius; cloud cover;
impurities; and an altitude-dependent atmospheric optical thickness, the latter for clear-sky conditions
(Kuipers Munneke et al., 2011). In RACMO2, the first two snow layers are often very thin, i.e. a few
millimeters for fresh snow and up to a few centimeters for older snow, thus effectively neglecting almost
all radiation penetration.

In Rp3, TARTES (Libois et al., 2013) coupled with the SNOWBAL module (Van Dalum et al., 2019)
is implemented. TARTES is a spectral albedo model based on the radiative transfer equation (Jiménez-
Aquino and Varela, 2005) and asymptotic analytical radiative transfer theory (Kokhanovsky, 2004; He
and Flanner, 2020) using the geometric-optics method, which allows for a vertically inhomogeneous
snowpack. Grain radius, grain shape, snow layer density, impurity concentration and type, and SZA are
all explicitly resolved. In this study, all grains are spherically shaped. TARTES is able to calculate a
spectral albedo for any wavelength between 199 and 3003 nm and returns the absorption of radiation
within the snowpack for both incoming direct (i.e., no atmospheric scattering) and diffuse radiation
(i.e., light that is scattered by the atmosphere), of which the latter is considered to be a direct beam with
a SZA of 53◦.

In order to couple TARTES with the IFS physics within RACMO2, which employs 14 contiguous
shortwave spectral bands (Fig. 4.1d), the SNOWBAL module has been developed (Van Dalum et al.,
2019). Since both the spectral albedo and the incoming solar radiation can vary within a spectral band,
SNOWBAL selects the predefined representative wavelengths for the given atmospheric condition that
would provide the correct effective narrowband albedos by TARTES. Using simply the wavelength of
the center of the spectral bands increases the root-mean-square error (RMSE) of the broadband albedo
by approximately 0.05 and 0.04 for clear-sky direct and clear-sky diffuse radiation, respectively, and
even more for cloudy conditions (Van Dalum et al., 2019). The representative wavelength depends on
the SZA for clear-sky diffuse radiation, SZA and vertically integrated water vapor for clear-sky direct
radiation, and ice and liquid water path for cloudy conditions. The difference between cloudy-diffuse
and clear-sky diffuse albedo are thus only related to cloud- and SZA-induced spectral shifts in radiation.
Furthermore, direct radiation dominates the clear-sky albedo signal except for very high SZA. As full
radiation calculations are only performed every hour, the average SZA of the next hour is used as long
as the sun is above the horizon. Excluded are bands 13 and 14, for which the narrowband albedo can
safely be assumed to be 0 (Gardner and Sharp, 2010; Van Dalum et al., 2019). For the other bands, three
narrowband albedos are determined, i.e., for direct and diffuse radiation for clear-sky conditions, and
for diffuse radiation for cloudy conditions. Clear-sky and total-sky narrowband and broadband albedos
are then determined using the modeled radiative fluxes. Note that clear-sky and total-sky albedo are
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Figure 4.1: (a) Lowest 5% of the MODIS MCD43A3v5 1 km 16-day clear-sky diffuse albedo field for
glaciated areas for the period 2000-2015. As this albedo field is used to determine a bare-ice albedo
field, it is limited between 0.30 for dark ice in the ablation zone, and 0.55 in the accumulation zone
below perennial snow for consistency with RACMO2 (Noël et al., 2018b). (b) Bare-ice impurity field
that is implemented in RACMO2.3p3 for glaciated grid points. Here, all impurities are soot. (c) In
blue, fitting the specific surface area (SSA) to clean blue ice albedo, which is assumed to be 0.6. The
fitted SSA equals 0.788 m2 kg−1. In red, the soot concentration as a function of albedo required to
successfully convert the MODIS albedo field into an impurity field. For both lines, clear-sky conditions
are assumed for a SZA of 60◦ and RACMO2 irradiance profiles are used to convert narrowband to
broadband albedo. (d) Spectral albedo for clean fresh snow (in black), and for an ice profile with
the fitted SSA of 0.788 m2 kg−1 for various impurity concentrations. The first 12 spectral bands of
RACMO2 are indicated by vertical dotted lines and black numbers. Red bars and numbers indicate the
seven MODIS spectral bands. The albedo for the cases with soot concentrations of 0.2 and 1.5 µg g−1

are indicated with corresponding colored dots in (c).

identical if no clouds are present. Finally, for evaluation with the seven Moderate Resolution Imaging
Spectroradiometer (MODIS) narrowband albedos, clear-sky diffuse radiation albedos are also explicitly
derived for these bands.

In this paper, ‘albedo’ without further specification refers to the broadband albedo. Clear-sky direct
(CSDir) and clear-sky diffuse (CSD) albedo refers to surfaces illuminated only by direct radiation or
diffuse radiation, respectively. Combined, they are referred to as clear-sky albedo. The clear-sky and
cloudy-sky albedo can in turn be combined to a total-sky albedo.
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Bare-ice albedo

In Rp2, a background bare-ice albedo (BIA) field is defined for the entire ice sheet and used if one of
the upper two snow layers is identified as bare ice. The BIA field is prescribed by the lowest 5% of the
16-day diffuse albedo product (MCD43A3v5; Schaaf and Wang (2015)) of 1 km MODIS data, for the
period 2000-2015 (Fig. 4.1a). The MODIS albedo field is resampled to the model grid, and the BIA is
limited to values between 0.3 for dark ice in the ablation zone and 0.55 in the accumulation zone below
perennial snow (Noël et al., 2018b).

As we do not want to bypass TARTES for bare ice, we derived a representative SSA and impurity con-
centration field to be used for bare-ice albedo calculations to resemble the broadband MODIS albedos.
Firstly, we assume that clean blue ice has an albedo of approximately 0.6 (Reijmer et al., 2001; Dadic
et al., 2013). Blue ice is typically found in areas with a very smooth surface and high sublimation rates
but no melt, and it has a high bubble content, leading to a relatively high albedo. The bare-ice albedo
is subsequently lowered by standing water, surface roughness and impurities. Furthermore, we assume
that MODIS bare-ice albedos are valid for clear-sky conditions (Wang et al., 2012; Casey et al., 2017).
TARTES, however, does not use Mie scattering theory, which would be preferable for ice (Gardner and
Sharp, 2010) and cannot model bubbles or liquid water explicitly. Hence, albedos ranging from 0.30 to
0.55 observed for the GrIS are obtained by increasing the soot content, with the absorption cross section
for soot that is determined by Kokhanovsky (2004). Using a semi-infinite layer with the density of ice,
a SSA value of 0.788 m2 kg−1 (4.152 mm grain size, which is an order of magnitude larger than the
typical grain radius for snow (Warren, 2019)) is found to provide an albedo 0.6 (Fig. 4.1b). Despite not
using Mie scattering theory, the spectral curve in TARTES for this SSA value resembles the expected
curve for bare ice quite well, especially in the (infra)red part of the spectrum (Fig. 4.1d, blue line) (e.g.,
Dadic et al., 2013), and thus can be used to indicate clean, bare ice, which is similar to the findings of
Bohren (1983).

Next, the MODIS bare-ice albedo range is converted to an impurity concentration. Using the fitted
SSA, ice density and a reference SZA of 60◦, which is the largest angle for which the observations of
MODIS for the GrIS are still somewhat reliable (Wang and Zender, 2010), together with RACMO2
narrowband irradiance profiles for such conditions, a broadband albedo can be calculated for a range of
impurities such that the MODIS albedo range is covered. The resulting soot concentration varies be-
tween 69 ng g−1 for an albedo of 0.55 and 2445 ng g−1 for an albedo of 0.3 (Fig. 4.1c), and it is saved
in a lookup table. This lookup table is used to convert the MODIS albedo field, after resampling to
the 11-km grid of RACMO2, to an impurity field feasible for TARTES to use in RACMO2 (Fig. 4.1b).
Adding soot alters, as expected (Doherty et al., 2010; Gardner and Sharp, 2010; He and Flanner, 2020),
only the spectral curve in the near-UV and visible part of the spectrum (Fig. 4.1d). Note that the broad-
band albedo can still reach values beyond the range indicated in Fig. 4.1c, depending on atmospheric
conditions and SZA.

Superimposed ice

In Rp3, superimposed ice is treated differently than glacial ice. Superimposed ice forms in snow layers
by refreezing of meltwater, while glacial ice forms by compaction of snow. As superimposed ice has
a granular structure (Granskog et al., 2006), it has to be treated differently than bare ice. Due to the
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granular structure, it is desirable to use the snow albedo scheme of Sect. 4.2.1 over the bare-ice albedo
scheme of 4.2.1, as a fixed rather large grain radius is used for bare ice. However, without additional
corrections, the typical grain size of model layers with superimposed ice in Rp3 is 0.7 to 1.0 mm,
leading to unrealistically high albedos of approximately 0.7. The typical albedo of superimposed ice
is 0.65, as measured by Knap and Oerlemans (1996) at S9 of the Kangerlussuaq transect (K-transect).
In order to improve this, a minimum grain radius for superimposed ice is imposed, which increases
linearly from 0.720 mm for a density of 750 kg m−3 to the bare-ice value of 4.152 mm for a density
of 917 kg m−3. This superimposed ice layer uses the same impurity concentration as a snow layer. This
correction leads to realistic albedos for superimposed ice and exposed ice lenses.

4.2.2 RACMO2 simulations

For all simulations in this paper, RACMO2 is run on an 11-km grid of Greenland and its immediate
surroundings, for the period 2006 - 2015, using September 2000 to 2005 as spin-up. At the lateral
boundaries, RACMO2 is forced with ERA-Interim data (Dee et al., 2011). The only impurity type
considered is soot, with a prescribed concentration of 5 ng g−1 for all snow layers. Although the
concentration of soot in Greenland varies considerably over time and space, RACMO2 only allows for
a fixed soot concentration in snow. If a layer is identified as bare ice, it is prescribed by the spatially
variable soot concentration of Fig. 4.1b. For snow in the interior and when no melt occurs, the soot
concentration is approximately 3 ng g−1 (McConnell et al., 2007; Doherty et al., 2010; Dang et al.,
2015). The impact of impurities, however, is known to be underestimated by TARTES, so a higher
prescribed concentration is required to model it properly (Tuzet et al., 2017, 2019). The impact of soot
is assessed in various sensitivity experiments, which are done between 2011 and 2015, with September
2008 to 2011 as spin-up.

For initialization, the firn-column state i.e., the layer thickness, snow and ice density, water concentra-
tion, temperature and grain size was taken for all active layers from the Rp2 run on the initialization
day (i.e., 1 September 2000), but the fresh snow sub-layer data is omitted. In order to match the speci-
fications of Rp3, glacial ice is identified in each firn column if the continuous set of layers has a density
of 899 kg m−3 or higher, counted from the bottom of the firn column. Furthermore, Rp3 is initialized
with a soot concentration that can be used to calculate the bare-ice albedo (Sect. 4.2.1).

4.2.3 MODIS snow albedo product

The RACMO2 albedo product is evaluated with the Moderate Resolution Imaging Spectroradiome-
ter (MODIS), using the MCD43A3 Version 006 Albedo Model daily data set using 16-day Terra and
Aqua MODIS data for white-sky (i.e., CSD) and black-sky (i.e., CSDir) conditions (Schaaf and Wang,
2015). CSD albedo and CSDir albedo are calculated for local solar noon. CSD albedo is preferred
for evaluation, as no uncertainties arise concerning SZA, although the difference between the CSD and
CSDir albedo product is only marginal (Williamson et al., 2016). While RACMO2 calculates the direct
and diffuse albedo, it only produces total-sky and clear-sky albedo output, which includes both direct
and diffuse radiation. Therefore, we have to note that the MCD43A3 CSD albedo product remains a
slightly different albedo product than the clear-sky RACMO2 albedo it evaluates. MCD43A3 provides
an albedo product in seven shortwave bands, ranging between 620 and 2155 nm (Fig. 4.1d, red bars),
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with a spatial resolution of 500 m (250 m for bands 1 and 2). In addition, visible, near-IR and broadband
albedo products are provided. In this study, the broadband albedo and seven shortwave band albedos
are used for model evaluation.

For comparison with RACMO2, MODIS data are resampled to the 11-km grid of RACMO2. Due to
the lack of a proper ice mask for this MODIS field, contamination with non-glaciated grid points cannot
be excluded for some grid points at the margin. Therefore, these grid points are omitted if the albedo
becomes too low (less than 0.25) during summer.

Lhermitte et al. (2014) and Williamson et al. (2016) reported that MODIS captures the albedo evolution
well for most of the GrIS, but that it has problems for inhomogeneous regions, like mountain ranges.
MODIS albedo also shows a drop in accuracy for SZAs larger than 55◦ and becomes physically unreal-
istic for SZAs larger than 65◦ (Wang and Zender, 2010; Liu et al., 2009). Therefore, the evaluation with
RACMO2 is limited to a SZA of 55◦ or less. In addition, latitudes north of 75◦N should be excluded, as
the signal-to-noise ratio of MODIS becomes too high (Wang and Zender, 2010; Manninen et al., 2019).
Consequently, northern Greenland is omitted from the evaluation. As MODIS only measures during
clear-sky conditions, some regions have limited coverage. Extensive evaluation of the MCD43A3 Ver-
sion 006 Albedo product shows that it compares well with observations (Wright et al., 2014; Burkhart
et al., 2017; Moustafa et al., 2017; Wang et al., 2018). For Summit, located in central Greenland, Wright
et al. (2014) report a RMSE and mean albedo difference with respect to in situ observations of 0.026
and 0.015, respectively, indicating that MCD43 slightly overestimates the albedo.

4.2.4 In situ measurements

In situ observations provide insight into the performance of RACMO2 for total-sky and cloudy condi-
tions, unavailable from remote-sensing observations. Therefore, we evaluate the albedo product with
the automatic weather station (AWS) data along the K-transect (Smeets et al., 2018) and with a selection
of AWS data of the Programme for Monitoring of the Greenland Ice Sheet (PROMICE) (Van As et al.,
2011).

The K-transect data used are from AWS sites S5, S6, S9 and S10, and are available for 2006 up to
2015, with the exception of S10, which is only available from 2010 up to 2015. The K-transect is
located in southwest Greenland (Fig. 4.2c) around 67◦ N. More specifically, S5 and S6 are located
in the ablation zone, S9 approximately on the equilibrium line, and S10 in the accumulation zone.
Daily hourly averaged observations are considered at noon local time in Greenland (15:00 UTC), and a
running average of 16 days is taken to fit the temporal sampling of MODIS.

PROMICE AWSs are mostly located in the ablation zone. Only AWS sites that at least partially cover
the model period and for which an appropriate grid point can be selected in RACMO2, are selected.
Figure 4.2c shows the location of the PROMICE stations used in this study. KAN-U and KAN-M are
located along the K-transect; NUK-U and QAS-U are located in the southwest and south, respectively.
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Figure 4.2: (a) Average 16-days running mean clear-sky RACMO2.3p3 albedo for 15:00 UTC
(12:00 LT for most of Greenland) between 2006 and 2015, (b) MODIS MCD43A3 clear-sky dif-
fuse (CSD) albedo, (c) albedo difference between RACMO2.3p3 clear-sky albedo and MODIS
MCD43A3 CSD albedo and (d) like (c) but now after applying a uniform -0.015 bias correction to
the MODIS MCD43A3 data. AWS locations of the K-transect are indicated in (c) by the black dots,
from west to east: S5, S6, S9 and S10. PROMICE AWS NUK-U (north) and QAS-U (south) are indi-
cated by the light-green dots. KAN-U and KAN-M are located close to S10 and between S6 and S9,
respectively, but are not shown separately. Extended evaluation is done for the enclosed purple region
that is indicated by A; for areas B; C and D; and for the regions enclosed in the colored boxes.

4.3 Evaluation using MODIS albedo

In this section, we evaluate and discuss the Rp3 clear-sky albedo output with MODIS CSD albedo for
both broadband and narrowband albedo and discuss processes involved.

4.3.1 Comparison with MODIS broadband albedo

Figure 4.2 shows the 2006-2015 average 16-days running mean clear-sky albedo of Rp3 (Fig. 4.2a)
and MODIS CSD albedo (Fig. 4.2b) at 15:00 UTC (local noon for most of Greenland). On average,
the spatial patterns are similar, while some local differences can be observed (Fig. 4.2c). The domain-
averaged bias considering all glaciated grid points is -0.012, indicating a slight underestimation of the
modeled albedo with respect to MODIS CSD albedo. For the interior, indicated by A and enclosed
within the purple line in Fig. 4.2c, which excludes all grid points within five grid points of the margin,
we observe an average bias of -0.022, which is close to the mean difference of -0.015 for Summit re-
ported by Wright et al. (2014). Correcting for this MCD43 mean albedo difference (Fig. 4.2d), the bias
for area A reduces to -0.007, supporting excellent agreement in the accumulation zone. Furthermore,
only a small overestimation is observed in the large bare-ice region around the K-transect (black dots
in Fig. 4.2c), showing that the new bare-ice albedo parameterization produces adequate results for this
region.
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Around Jakobshavn (circle indicated by B in Fig. 4.2c), Rp3 considerably overestimates the albedo,
especially during the accumulation season. This region is characterized by rough and heavily crevassed
terrain, causing inhomogeneous snow cover. Rp3, however, evenly distributes snow within a grid cell;
that is, patches of snow are not modeled. Consequently, the albedo of Rp3 is too high, as snow-free
areas like hummocks and crevasse openings are not properly captured. Snow subsequently remains for
too long at the surface in Rp3 before melting in the ablation season.

The region indicated by C shows an underestimation of Rp3 albedo compared to MODIS. Rp3 typi-
cally only models a few decimeters of snow during winter that melt quickly during summer, thinning
and eventually removing these layers. Throughout the summer, Rp3 likely underestimates the snow
thickness, leading to underestimated albedo.

The most pronounced biases can be observed not only for grid points close to the margin in the southeast
(region D) but also extending beyond this region. The albedo difference is typically around 0.03 but
can be as high as 0.15. The ablation zone in D is too narrow (up to 10 km) to be adequately resolved
at the resolution of 11 km used (Noël et al., 2015). Furthermore, the southeast is characterized by
heavy snowfall (Ohmura and Reeh, 1991; Mernild et al., 2015), and in combination with the low model
resolution, snow persists at the surface throughout the ablation season in Rp3. Still, the grain radius
increases and the albedo drops somewhat during the ablation season, but not as fast as the albedo decline
in MODIS. Note that the uncertainty of MODIS is also considerable, as this is mountainous terrain (see
Sect. 4.2.3).

Figure 4.3 correlates the uncorrected MODIS CSD albedo with Rp3 clear-sky albedo at noon on a grid-
point level for the whole time span and domain (Fig. 4.3a) and in various regions (Fig. 4.3b-d). In
general, Rp3 correlates well with MODIS with a low RMSE and bias, but it typically underestimates
the albedo, as is also observed in Fig. 4.2. With declining albedos, both Rp3 and MODIS CSD albedo
generally follow the same pattern, including the bare-ice regime. There are, however, two distinct
outliers visible in Fig. 4.3a, around Rp3 albedos of 0.81 and 0.70, where Rp3 models fresh and melting
snow, respectively, instead of bare ice that MODIS observes. These data points originate from the
southeast (area D of Fig. 4.2c; see the previous discussion). The bias for the Summit region (Fig. 4.3b)
is similar to both the bias of area A (Fig. 4.2c) and the bias of the MODIS CSD albedo product (Wright
et al., 2014). Furthermore, the albedo variability is low for this region, as melt does normally not occur
here (except for July 2012; (Nghiem et al., 2012; Bennartz et al., 2013)) and metamorphism is slow
in this cold climate. Figure 4.3c represents an area in southern Greenland without bare ice, which
is characterized by albedo decrease due to rapid snow metamorphism (Lyapustin et al., 2009). Rp3
performs well for this region. The region shown in Fig. 4.3d corresponds roughly with the ablation
zone of the K-transect. The bias is very low considering the large variability in the ablation zone, and
the correlation coefficient is high. Both the bare ice and snow albedo schemes perform well and merge
smoothly together. Note that the outliers of Fig. 4.3a are absent around the K-transect, indicating that
it is not the bare-ice albedo scheme that causes the discrepancies.
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Figure 4.3: Comparison between 16-days running mean RACMO2.3p3 clear-sky albedo and MODIS
MCD43A3 CSD albedo. Every data point represents an observation at a grid point at 15:00 UTC for a
day between 2006 and 2015. In black the 1-to-1 line. The red line is the linear regression of the data,
with b0 the slope and b1 the intercept. In addition, number of records (N), correlation coefficient (R2)
and root-mean-square error (RMSE) are displayed. Colors indicate number of data points, and the bin
size is 0.01. (a) displays data for the whole domain; (b), (c) and (d) the brown, green and pink boxes in
Fig. 4.2c, respectively.
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Figure 4.4: Average albedo difference for 15:00 UTC between RACMO2.3p3 16-days running mean
CSD albedo and MODIS MCD43A3 CSD product, between 2006 and 2015 for (a) band 1 to (g) band 7
(red bands in Fig. 4.1d). The spectral width of each band is also shown.

4.3.2 Comparison with MODIS narrowband albedo

MODIS broadband albedo is derived from its seven narrowband sensors (red bands in Fig. 4.1d). Note
that the quality of band 6 is reduced for the Aqua satellite due to instrument failure (Stroeve et al., 2006;
Box et al., 2012). To allow for direct comparison with MODIS’s narrowband observations, TARTES
within Rp3 is also run for wavelengths representative for the seven MODIS bands with diffuse radiation.
For these bands, CSD albedo output of Rp3 is available. Note that the albedo determined for the seven
MODIS bands is not used to compute a broadband albedo within Rp3. Figure 4.4 shows the mean
spectral albedo difference for these seven bands. Bands that are associated with a strong albedo gradient
as a function of wavelength (Fig. 4.1d) show larger spatial variations (bands 2 and 5, Fig. 4.4b and e)
than bands that have either a high (bands 1, 3 and 4, Fig. 4.4a, c and d) or low albedo (bands 6 and 7,
Fig. 4.4f and g). Overall, differences in the interior are small. Large differences are again observed
in area D. Bands 1, 3 and 4 show a large positive model bias for the bare-ice zone, while the bias for
this region is limited for bands 2, 5, 6 and 7. This positive bias for bands 1, 3 and 4 is only present
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Figure 4.5: Time series of the average 16-days running mean broadband albedo for 15:00 UTC
for RACMO2.3p3 clear-sky (CS) and total-sky (TS) conditions, RACMO2.3p2 TS, MODIS clear-sky
diffuse (CSD) albedo (white-sky albedo; WSA) and in situ albedo for 2012 for (a) S5, (b) S6, (c) S9 and
(d) S10.

when bare ice is at the surface, illustrating the importance of correctly modeling soot in ice, as soot
alters the albedo in particular for these bands (Gardner and Sharp, 2010). Although large quantities of
soot have been added for bare ice, as discussed in Sect. 4.2.1, apparently it is not enough to lower the
albedo for bare ice to MODIS values. It is, however, expected that Rp3 needs large amounts of soot to
lower the bare-ice albedo, as no dust, cryoconite or algae are modeled, all of which lower the albedo
(Bøggild et al., 2010). Elsewhere, Rp3 generally shows small differences with the seven MODIS bands,
indicating that the albedo for various wavelengths is captured well.

4.4 In situ broadband albedo measurements

Along the K-transect, albedo data are available at S5, S6, S9 and S10 (Fig. 4.2c) for 15:00 UTC and are
shown in Fig. 4.5 for 2012 and compared with Rp3 clear-sky and total-sky conditions, Rp2 total-sky,
and MODIS CSD. S5 is too close to the ice margin for MODIS to produce a reliable albedo at this
resolution, and it is not included. As the area around this station is characterized by very rough terrain,
RACMO2 at this low resolution has trouble reproducing the in situ albedo.
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For S6, Rp3 albedo corresponds well with the measurements, especially when snow returns after the
melt season. At the onset of the accumulation season, Rp2 performs considerably worse, as a lack of
radiation penetration causes a too rapid albedo increase. As the accumulation season progresses and
the snow layers become thicker, the albedo difference between Rp3 and Rp2 diminishes. MODIS CSD
albedo fits well with Rp3 clear-sky albedo for bare-ice conditions. The resolution of RACMO2 is not
sufficient to capture all spatial variations, i.e., the AWS data might not be representative for the full grid
point of RACMO2 at which S6 is located.

For S9 (Fig. 4.5c), both Rp3 and Rp2 total-sky albedo show relatively large deviations with the in situ
measurements during the accumulation season, but the difference of Rp3 clear-sky albedo with MODIS
CSD albedo is much smaller. Site S9 is characterized by spatial inhomogeneity, although to a lesser
degree than S5 and S6. During the start of the ablation season, superimposed ice persists at the surface,
delaying the albedo drop to bare ice values by a few days. Just like at S6, the Rp3 albedo fits better than
Rp2 with both in situ and MODIS observations at the onset of snowfall after summer.

S10 observations (Fig. 4.5d), which are representative for the lower accumulation zone of Greenland,
correspond well with both Rp3 and Rp2. In addition, Rp3 fits with MODIS CSD albedo before the melt
season, and performs reasonably well during and after the melt season. The year 2012 is characterized
by a long and intense melt season, explaining the albedo decrease observed in the MODIS CSD albedo
product. The melt season albedo decrease in Rp3, however, is slightly delayed.

4.5 Comparison with RACMO2.3p2

In this section, we compare the Rp3 albedo product with Rp2 and highlight the differences. Moreover,
we investigate the impact that clouds have on the albedo and investigate the seasonal differences.

4.5.1 Broadband albedo differences

Figure 4.6 shows the 16-days running mean total-sky albedo for 15:00 UTC between 2006 and 2015
for Rp2 and the albedo difference between Rp3 and Rp2. For most of the ice sheet, a small negative
difference is observed; i.e., the albedo of Rp3 is slightly lower than that of Rp2.

In areas E in the northwest and F in the northeast (Fig. 4.6b), the albedo of Rp3 is lower than that
of Rp2. Both regions are characterized by limited snowfall, resulting in a shallow snowpack on top
of bare ice during the accumulation season for several months (Fig. 4.7). At the end of the ablation
season when new snow layers start to form, melt can still occur, forming meltwater within those layers.
This is more common in Rp3, as internal heating increases the subsurface temperature and therefore
more melt occurs, changing the snow structure and lowering the albedo in Rp3 with respect to Rp2.
Furthermore, if melt is strong enough, it can remove or thin the fresh snow top layer, exposing bare
ice underneath. As the accumulation season progresses and the sun rises again above the horizon, the
snowpack is already thick enough to prevent solar radiation to reach subsurface bare-ice layers in any
significant amount, reducing the albedo difference.

We also observe a small albedo difference (less than 0.01) in the high-accumulation region in southeast
Greenland (area D of Fig. 4.2c). For some grid points around the margins, the albedo of Rp3 is
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Figure 4.6: (a) Average 16-days running mean total-sky RACMO2.3p2 albedo and (b) the average
albedo difference between RACMO2.3p3 and RACMO2.3p2, for 15:00 UTC between 2006 and 2015,
with positive differences indicating that the albedo of RACMO2.3p3 is larger than RACMO2.3p2. Ex-
tended evaluation is done for the enclosed regions of E and F and the grid point located at the star.

considerably higher than that of Rp2. This difference is more pronounced in areas with exposed bare
ice during the ablation season, and is limited to a single grid point bordering non-glaciated tiles. These
differences can be traced back to uncertainties in the bare-ice albedo field of Rp2, where grid points
close to the margin were contaminated with tundra albedo, and an albedo difference with the new model
is therefore expected.

Figure 4.8 compares albedo of Rp3 and Rp2 for the entire ice sheet and smaller regions indicated by
the colored boxes in Fig. 4.2c. In general, Rp3 albedo correlates well with the albedo product of Rp2
(Fig. 4.8a), as the bulk of occurrences are close to the 1-to-1 line (black line). Most of the GrIS is
covered in snow, for which the albedo is high (larger than 0.75) and the albedo difference is small
(data near 1 in Fig. 4.8a). Snow metamorphism is slightly stronger in Rp3, leading to lower albedos
(about 0.75) compared to Rp2 (about 0.8; region 2 in Fig. 4.2a). Data points near 1 and 2 typically
occur in the interior (Fig. 4.8b).

Larger albedo differences occur when firn or ice is close to the surface as radiation penetration lowers
Rp3 albedo (region 3 in Fig. 4.2a). A snow profile similar to Fig. 4.7 in early June would result in
such an albedo difference. For the 0.6 albedo bin of Rp2 (region 4 in Fig. 4.2a), the albedo of Rp3 is
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Figure 4.7: RACMO2.3p3 grain radius of the upper 20 snow layers as a function of depth for 2012,
for a grid point within area E (Fig. 4.6b). Bare ice is indicated by a grain radius of 1000 µm.

generally 0.05 higher, illustrating that Rp3 seems to have a slower firn-ice transition. In south Greenland
(Fig. 4.8c), processes mentioned for 1, 2, 3 and 4 are all relevant.

The snow and ice albedo merge well, but the Rp3 albedo is often higher than the Rp2 albedo for the
ablation zone, i.e., for albedos lower than 0.6. Still, the highest occurrence density is found near the
1-to-1 line (region 5 in Fig. 4.2a). As the new bare-ice albedo parameterization allows variations due to
atmospheric conditions, as described in Sect. 4.2.1, some deviations are expected. That is to say, higher
albedos with respect to Rp2 are expected for bare ice, as atmospheric variations, such as clouds, usually
increase the albedo. Additionally, edge errors in Rp2 caused a considerable albedo difference, typically
when Rp2 albedo was lower than 0.35 (region 6 in Fig. 4.2a). Processes mentioned for data close to 1
to 6 are all applicable to the region around the K-transect (Fig. 4.8d), causing a spread for this region
that is considerably larger than for the regions in Fig. 4.8b and Fig. 4.8c.

The large differences of data in regions 7 and 8 − that is, all occurrences beyond the dashed lines in
Fig. 4.8a − are not present in the regions considered in Fig. 4.8b to Fig. 4.8d. Process of data ending
up near 7 occurs almost exclusively next to the ice margin: some in the west, but most in the east and
north. In addition to the previously described errors occurring for those points (i.e., mixing with tundra
points), snowfall or superimposed ice that is not present in Rp2 can also contribute to the difference.
For data in region 8, most data occurrences are associated with area F of Fig. 4.6b and to a lesser extent
area E, as well as some grid points close to the ice sheet margin in northern and eastern Greenland.
These occurrences represent cases in which Rp2 modeled a fresh snow top layer without melt while
Rp3 models either bare ice or a melting snow or firn layer.

To conclude, the albedo product of Rp3 is often similar to Rp2, but some distinct differences are still
notable (Fig. 4.6 and Fig. 4.8). All these differences can be well understood in terms of physical
processes.
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Figure 4.8: Comparison of 16-days running mean total-sky albedo of RACMO2.3p3 with
RACMO2.3p2 for 15:00 UTC, between 2006 and 2015. Similar to Fig. 4.3, (a) shows all ice sheet
points, while (b), (c) and (d) show only grid cells in the brown, green and pink boxes in Fig. 4.2c,
respectively. Numbers and dashed lines in (a) are discussed in the text.

4.5.2 Clouds

In Rp3, SNOWBAL allows spectral variations in the incoming solar radiation to impact the surface
albedo (see Sect. 4.2.1). As clouds absorb mainly in the (infra)red part of the spectrum, a blue shift
occurs, which consequently increases the surface albedo (Dang et al., 2015). The cloud dependence of
the surface albedo parameterization in Rp2 was limited to the cloud optical thickness, neglecting water
vapor while no distinction is made between liquid and ice water clouds. Figure 4.9 shows for a grid
point in south-central Greenland (star in Fig. 4.6b) the total-sky surface albedo, the transmissivity for
shortwave radiation in the atmosphere (i.e., the ratio between the top-of-atmosphere (TOA) and surface
downwelling radiation) and the fraction of TOA shortwave radiation absorbed in snow as a function of
vertically integrated cloud content (VICC) (i.e., total liquid water and ice in the atmosphere above a
point) for Rp3 and Rp2.
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Figure 4.9: Total-sky surface albedo, transmissivity (trans.) and fraction of top-of-atmosphere (TOA)
shortwave radiation absorbed in the snowpack (rad. abs.) as a function of the vertically integrated
cloud content for a grid point in south-central Greenland, indicated with the star in Fig. 4.6b, for
RACMO2.3p3 (Rp3) and RACMO2.3p2 (Rp2). Every point represents a daily averaged value between
2006 and 2015 if the mean downward TOA shortwave radiation is larger than 200 W m−2. Solid lines
show a logarithmic fit for the albedo and an exponential fit for both the transmissivity and the fraction
of TOA shortwave radiation absorbed.

For clear-sky conditions (VICC smaller than 0.05 kg m−2), the surface albedo in Rp3 is slightly lower
than Rp2 (Fig. 4.9), which is in agreement with previous results. The surface albedo in Rp3, however,
increases more rapidly with VICC than in Rp2, leading to higher albedos for large VICC. Furthermore,
the transmissivity decreases more slowly with VICC than in Rp2, and less radiation is absorbed in
snow. For example, for a VICC of 0.3 kg m−2, the surface broadband albedo, transmissivity and
fraction of absorbed energy change by 0.02, 0.04 and -0.01, respectively. The latter implies that the
net SW absorption decreases by approximately 25%. These differences show that, as a cloud thickens
and the surface albedo increases in Rp3, more reflected radiation will interact with clouds, eventually
raising the transmissivity. Consequently, as these shorter wavelengths now scatter more often and are
less likely to be absorbed in the snow, a white-out effect occurs, which is not captured in Rp2.

4.5.3 Albedo seasonality

Seasonal changes of albedo differences in Rp3 with respect to Rp2 are generally small (Fig. 4.10).
During winter (December, January and February (DJF), Fig. 4.10a), a homogeneous pattern is present
with a small negative difference; that is, the albedo of Rp3 is lower than that of Rp2. This albedo
difference can be mostly attributed to spectral albedo effects, and not as much to radiation penetration, as
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Figure 4.10: Average 16-days running mean total-sky albedo difference between RACMO2.3p3 and
RACMO2.3p2 for (a) DJF, (b) MAM, (c) JJA and (d) SON, for 15:00 UTC between 2006 and 2015.

fresh snow layers are thick enough ice sheet wide for radiation penetration to be negligible. The winter
months are characterized by a large SZA, for which a spectral shift towards longer wavelengths occurs.
For a large SZA, the broadband albedo increases for both Rp3 and Rp2. The spectral shift towards
longer wavelengths, for which the spectral albedo of IR radiation is low (Fig. 4.1d), however, is only
properly captured in Rp3, mitigating the albedo increase with SZA somewhat (Fig. 11 in Van Dalum
et al. (2019)). Consequently, the modeled broadband albedo is lower for Rp3 with respect to Rp2 in
the winter months. The red shift in irradiance becomes more dominant towards the northern regions as
the SZA increases, explaining the northward albedo difference gradient. Albedo differences diminish
as spring progresses (March, April and May (MAM), Fig. 4.10b) and the sun rises higher in the sky.

During summer (June, July and August (JJA), Fig. 4.10c), larger spatial variations are observed, but the
albedo differences in the interior remain small. Along the margins, the albedos can be much higher in
Rp3 due to tundra contaminated bare-ice albedo in Rp2. Around the equilibrium line in the southwest, a
line with higher Rp3 albedos is present, which is due to superimposed ice as is described in Sect. 4.2.1.
Small positive albedo differences are observed in wet snow regions, for example area D in Fig. 4.2c,
where snow layers with large grains are located close to the surface. Autumn (September, October
and November (SON), Fig. 4.10d) presents small deviations for most of the ice sheet, as fresh snow
layers accumulate and the SZA increases, slowly transitioning to winter conditions and the processes
described for DJF become increasingly important.
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Figure 4.11: Bias-corrected average 16-days running mean albedo difference for 15:00 UTC between
RACMO2.3p3 clear-sky albedo and MODIS MCD43A3 CSD albedo product, between 2011 and 2015,
for (a) an impurity concentration of 0; (b) 5 ng g−1; (c) 10 ng g−1 and (d) 50 ng g−1.

4.6 Sensitivity experiments: soot concentration

The snow albedo of Rp3 can be tuned with impurity concentration, which in the control run has a fixed
value of 5 ng g−1. Snow albedo difference for various impurity concentrations with respect to the bias-
corrected MODIS CSD albedo is shown in Fig. 4.11 (2011-2015). Excluding all grid points within five
grid points of the margin, the mean bias becomes −0.006, −0.009, −0.011 and −0.022 for impurity
concentrations of 0, 5, 10 and 50 ng g−1, respectively. The sensitivity to impurity concentration is
generally low except for very high concentrations, for example 50 ng g−1.

Results for a selection of K-transect and PROMICE observational sites (Fig. 4.2c) that are sufficiently
far away from the ice margin are shown in Fig. 4.12. Figure 4.12a is a normalized Taylor diagram (Tay-
lor, 2001), and Fig. 4.12b shows the bias, misrepresented variability (defined as

√
RMSE2−bias2),

and RMSE, all scaled with the standard deviation in the observations.

In a Taylor diagram, the azimuthal position illustrates the correlation coefficient, the radial distance
to the origin the standard deviation and quarter circles with their origin at 1.0 standard deviation the
misrepresented variability. A data set matches the observations perfectly if it is located at the star
in Fig. 4.12a, i.e., with a correlation coefficient and standard deviation of 1 and a misrepresented
variability of 0. Data sets located away from the star but on the dashed line have the same variance as
the observations but do not correlate perfectly, leading to a higher misrepresented variability. Data sets
close to the origin and close to the y axis, for example, are characterized by an underestimation of the
standard deviation and a low correlation coefficient, while data sets beyond the dashed line and close
to the x axis overestimate the standard deviation, but have a high correlation coefficient. Similarly, the
misrepresented variability is illustrated on the y axis, the bias on the x axis and the RMSE on semicircles
in Fig. 4.12b, with data sets performing better close to the origin.

Model performance varies for each observational site, but the sensitivity to low impurity concentrations
is generally low. High concentrations of impurities such as 50 ng g−1, on the other hand, alter the albedo
considerably, reducing the quality of Rp3 for almost all stations. For NUK-U and QAS-U, which are
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Figure 4.12: (a) Normalized Taylor diagram (Taylor, 2001) for 16-days running mean total-sky albedo
of RACMO2.3p3 with various impurity concentrations and RACMO2.3p2 with respect to a selection of
K-transect and PROMICE in situ observations for 15:00 UTC between 2011 and 2015. The standard
deviation is illustrated by the radial distance to the origin, the correlation coefficient by the azimuthal
position and the misrepresented variability, defined as

√
RMSE2−bias2, by quarter circles with their

origin at 1.0 standard deviation. (b) Extension to the Taylor diagram, which shows the misrepresented
variability on the y axis, bias on the x axis and RMSE on semicircles from the origin. All data are
normalized with respect to in situ observations.

both located in south Greenland and within 50 km of the ice margin, RACMO2 correlates relatively well
but severely underestimates variability and shows a large bias. As the ice margins are characterized by
a high soot concentration (Doherty et al., 2010), a higher modeled soot concentration consequently
performs somewhat better for these locations. Snow cover in RACMO2 is also too homogeneous and
similar processes that we discussed for areas B and D of Fig. 4.2c occur. Additionally, RACMO2 is
known to overestimate snowfall for QAS-U, inhibiting bare ice from surfacing (Noël et al., 2018b).
For S10 and KAN-M, which are most representative for the interior of the ice sheet, the differences
between Rp3 with impurity concentration of 5 and 10 ng g−1 and to a lesser degree also with 0 ng g−1

and Rp2, are small and in good agreement with observations. To summarize, as the sensitivity of Rp3 to
small impurity quantities is low and the snow albedo is generally in good agreement with observations,
an ice-sheet-wide impurity concentration of 5 ng g−1 is a safe choice and for the interior is in good
agreement with observations (Fig. 4.11b).
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4.7 Summary and conclusions

We evaluated the new spectrally dependent snow and ice albedo parameterization in RACMO2, based
on TARTES and coupled with SNOWBAL, for the Greenland ice sheet. The albedo correlates well
with the MODIS MCD43A3 clear-sky diffuse albedo product for both broadband albedo and its seven
spectral bands, and it performs especially well in the interior. Some discrepancies around the margins
are observed, which can be partly ascribed to resolution problems and excessive modeled snowfall, as
well as to uncertainty in the MODIS product. Around the K-transect, for which many observations
are available, the snow and ice albedo in RACMO2 shows acceptably small deviations with in situ and
MODIS observations.

With respect to the previous albedo parameterization of RACMO2, slightly lower broadband albedos
are modeled. Although large broadband albedo differences at the margins are due to an error in the old
version, most changes can be ascribed to improved physics. Radiation penetration, subsurface heating,
the inclusion of narrowband albedo and spectral shifts due to solar zenith angle, water vapor and both
ice and water clouds are now all incorporated.

There is, however, still room for improvement. The soot concentration for snow is fixed in RAMCO2,
while it can change considerably over space and time (Chylek et al., 1992; Doherty et al., 2010; Van An-
gelen et al., 2012; Dang et al., 2015). Although RACMO2 shows a low sensitivity to low impurity
concentrations, a prognostic soot model for snow prescribing a dynamic one-dimensional soot concen-
tration profile is still preferable. Furthermore, no other impurity types are included.

We have also improved the bare-ice albedo field by coupling it with TARTES and defining a fictitious
grain size, which allows the broadband bare-ice albedo to vary with atmospheric conditions. Nev-
ertheless, a proper bare-ice albedo module would still be preferable, as for example, a process like
darkening due to biological activity is not incorporated, which may become important for future projec-
tions (Tedesco et al., 2016; Tedstone et al., 2020). TARTES is based on simple geometric-optics theory,
while an ice albedo module with Mie scattering theory is required (Gardner and Sharp, 2010).

Evaluation of the narrowband albedo of RACMO2 remains limited, as most of the spectral bands of
MODIS are located at the edge of rather large bands of RACMO2 and hence cannot be compared
directly. To solve this, we have run TARTES specifically for diffuse radiation for the seven bands of
MODIS. For these bands, differences between modeled albedo and observations are low. In the bare-ice
zone, bands 1, 3 and 4, which are within the visible light part of the spectrum, show a larger narrowband
albedo bias than the other bands. Larger spatial variations are observed for bands 2 and 5, which are
characterized by a strong sub-band spectral albedo gradient.

To conclude, the new snow and ice albedo scheme of RACMO2 performs very well compared to remote-
sensing and in situ observations for the Greenland ice sheet. Differences with the previous RACMO2
version are generally small, but where differences are observed, the new processes lead to improved
broadband albedo estimates. The improvement of the albedo scheme of RACMO2 will enhance its
ability to make future climate projections. In a forthcoming publication, we assess the impact of the
new snow and ice albedo scheme on the surface mass balance, surface energy balance and subsurface
energy absorption of the Greenland ice sheet.
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Summary

This study evaluates the impact of a new snow and ice albedo and radiative transfer scheme on the
surface mass and energy budget for the Greenland ice sheet in the latest version of the regional climate
model RACMO2, version 2.3p3. We also evaluate the modeled (sub)surface temperature and snowmelt,
as the representation of radiation penetration enables subsurface heating. The results are compared to
the previous model version and are evaluated against stake measurements and automatic weather sta-
tion data of the K-transect and PROMICE projects. In addition, subsurface snow temperature profiles
are compared at the K-transect, Summit and southeast Greenland. The surface mass balance is in good
agreement with observations, and only changes considerably with respect to the previous RACMO2 ver-
sion around the ice margins and in the percolation zone. Snowmelt and refreezing, on the other hand,
are changed more substantially in various regions due to the changed albedo representation, subsurface
energy absorption and meltwater percolation. Subsurface heating leads to considerably higher snow
temperatures in summer, in agreement with observations, and introduces a shallow layer of subsurface
melt.
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5.1 Introduction

The Greenland ice sheet (GrIS) has been losing mass at an accelerating pace in the last decade (Box and
Colgan, 2013; Kjeldsen et al., 2015; Bevis et al., 2019; Shepherd et al., 2020). Both surface runoff and
solid ice discharge have increased, enhancing mass loss (Bigg et al., 2014). The relative contribution of
surface processes with respect to ice discharge, however, has recently increased considerably (Enderlin
et al., 2014; Kjeldsen et al., 2015; Mouginot et al., 2019), augmenting the need to accurately model the
surface mass balance (SMB) in regional and global climate models.

The SMB, which is the difference between precipitation and ablation, i.e., runoff, sublimation and
drifting snow erosion, is highly variable in space and time. Snow and ice melt leading to runoff typically
dominate the SMB around the margins of the GrIS, leading to extensive runoff and mass loss of up to
3 m water equivalent (w.e.) yr−1, while snow fall dominates in the interior (Van den Broeke et al.,
2016). In the interior, melt events do not necessarily lead to runoff, as a significant fraction of all
meltwater refreezes locally (Steger et al., 2017). The length and spatial extent of melt events vary from
year to year, but record-breaking melt events like during the summer of 2012 and 2019 can bring melt to
almost the entire ice sheet (Nghiem et al., 2012; Bennartz et al., 2013; Tedesco et al., 2013; Tedesco and
Fettweis, 2020), inducing a darkening of the snowpack and a change in snow structure. As similar melt
events are expected to become more common in a warmer climate (IPCC, 2013; Shepherd et al., 2020),
it is therefore important to adequately resolve the individual SMB components. in situ observations,
however, lack the required spatial coverage and temporal sampling to fully capture these events, while
satellites cannot adequately quantify melt rates, and thus the use of climate models is required (Rae
et al., 2012; Goelzer et al., 2013; Leeson et al., 2018; Alexander et al., 2019).

Regional climate models are able to explicitly resolve the GrIS SMB components and other atmospheric
and surface processes, and are characterized by a high temporal (subhourly) and spatial resolution (up
to 5 km) (Fettweis et al., 2017; Langen et al., 2017; Powers et al., 2017; Niwano et al., 2018; Noël
et al., 2018b). The SMB components can be statistically downscaled to an even higher resolution of
up to 1 km (Franco et al., 2012; Noël et al., 2019; Fettweis et al., 2020). RCMs are known to perform
well for most of the ice sheet, but struggle to resolve topographically inhomogeneous regions (Leeson
et al., 2018; Fettweis et al., 2020). These regions are often located close to the ice margin in west
Greenland where significant mass loss occurs, illustrating the need to further improve SMB related
parameterizations.

Surface melt rate is determined by the surface energy budget (SEB), i.e., the sum of radiative, turbulent
and ground heat fluxes. Parameterizations of radiative fluxes can still be improved in RCMs, leading
to better surface melt estimates (Fettweis et al., 2017). A considerable part of incoming shortwave ra-
diation, however, penetrates through the surface, heating snow and ice layers below (Kuipers Munneke
et al., 2009; Warren, 2019; He and Flanner, 2020). This is especially important if ice rather than snow is
at or close to the surface. Radiation scattering is limited in these large-grained ice layers and shortwave
radiation is therefore also absorbed below the surface, acting as a heat source. As subsurface heat is not
as effectively dissipated as at the surface, subsurface energy absorption can lead to subsurface melting
if the surface is close to or at the melting point.

The polar (p) version of the Regional Atmospheric Climate Model (RACMO2), has been used ex-
tensively to model large scale, ice-sheet wide developments of the Greenland (Noël et al., 2018b; Noël
et al., 2019) and Antarctic ice sheets (Van de Berg and Medley, 2016; Van Wessem et al., 2018), but also
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for glaciated areas on a smaller scale, like the glaciers and ice caps of the Canadian Arctic (Noël et al.,
2018a). Furthermore, RACMO2 has been used to investigate physical processes like the snowmelt-
albedo feedback (Jakobs et al., 2019) and föhn winds (Wiesenekker et al., 2018). Radiation penetration
is not included, but recent developments in snow albedo parameterizations, i.e., the fraction of incoming
shortwave radiation that is reflected, and radiation transfer schemes now allow the implementation of a
radiation penetration module in RACMO2 (Van Dalum et al., 2019). The new version RACMO2.3p3,
henceforth Rp3, incorporates a new snow and ice albedo and radiative transfer scheme, which includes
subsurface heating by radiation penetration, and updates to the firn module (Van Dalum et al., 2020a).

This manuscript discusses the impact of the updated albedo and radiative transfer scheme and other
model adjustments on the modeled SMB and SEB. Section 5.2.1 discusses the model and initialization,
expands on the concepts of SMB, SEB and subsurface energy absorption, and discusses the in situ data
sets in more detail. In Sect. 5.3, results are analyzed by evaluating the SMB to observations and by
comparing modeled SMB of Rp3 with the previous RACMO2 version, 2.3p2 (Noël et al., 2018b) (Rp2).
Similar to Sect. 5.3, Sect. 5.4 focuses on the SEB. In Sect. 5.5, subsurface energy absorption due to
radiation penetration is discussed. In Sect. 5.6, sensitivity experiments further highlight the impact of
subsurface heating on the subsurface temperature and SMB. Finally, Sect. 5.7 summarizes the results
and conclusions are drawn.

5.2 Methods and data

5.2.1 Regional climate model

The Regional Atmospheric Climate Model (RACMO2), developed at the Royal Netherlands Meteoro-
logical Institute (KNMI), couples the surface and atmospheric processes of the European Center for
Medium-Range Weather Forecasts (ECMWF) Integrated Forecast System (IFS), cycle 33r1 (ECMWF,
2009), with the atmospheric dynamics of the High Resolution Limited Area Model, version 5.0.3
(HIRLAM, Undén et al., 2002). The polar (p) version of RACMO2, which is developed at the Institute
for Marine and Atmospheric Research Utrecht (IMAU), is adjusted for glaciated areas by introduc-
ing a dedicated glaciated tile that includes snow and ice processes and more complete ice-atmosphere
interaction (Noël et al., 2015).

Two major components have been updated in the new version Rp3 compared to the previous version
Rp2: the multilayer firn module and the snow and ice albedo parameterization. More specifically, the
multilayer firn module has increased the vertical resolution and the merging routine reduces mixing of
layers with distinct characteristics, reducing numerical diffusion. Rp3 now typically has 50 to 60 active
snow layers, with 100 as a maximum. Model output is only available for the first 20 layers and ev-
ery 3 hours. The plane-parallel broadband snow albedo scheme based on Gardner and Sharp (2010) is
replaced by the Two-streAm Radiative TransfEr in Snow Model (TARTES, Libois et al., 2013), which
is coupled to RACMO2 with the Spectral-to-NarrOWBand ALbedo (SNOWBAL) module version 1.2
(Van Dalum et al., 2019). TARTES uses the asymptotic radiative transfer theory (Kokhanovsky, 2004;
He and Flanner, 2020) and the radiative transfer equation (Jiménez-Aquino and Varela, 2005) to calcu-
late a spectral albedo and subsurface energy absorption by using the geometric-optics method. SNOW-
BAL has been developed to couple the output of TARTES with the 14 contiguous shortwave spectral
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bands of the IFS physics scheme embedded in RACMO2, taking into account sub-band variations of
both the albedo and the irradiance. Bands 13 and 14 are, however, excluded from calculations, as the
albedo for these bands can be safely assumed to be zero (Gardner and Sharp, 2010) and all energy
contributes to the SEB. Additionally, a new bare ice albedo parameterization using both TARTES and
SNOWBAL has been developed. A more detailed model description and evaluation of the snow and ice
albedo product can be found in Van Dalum et al. (2020a).

5.2.2 Surface mass balance and surface energy budget

The surface energy budget (SEB) of RACMO2, with fluxes toward the surface defined as positive, is
defined as

M = LWd +LWu +SWd +SWu +SHF+LHF+Gs, (5.1)

with M the surface melt flux (M = 0 when surface temperature Ts < 273.15 K), LWd, LWu, SWd
and SWu the downward and upward longwave radiative fluxes and downward and upward shortwave
radiative fluxes, respectively, SHF and LHF the sensible and latent heat fluxes and Gs the subsurface
conductive heat flux, all in W m−2. Meltwater is allowed to percolate into deeper layers using the
tipping-bucket method, i.e., water fills a layer until the irreducible water saturation is reached (Coléou
and Lesaffre, 1998). Excess water moves to the next unsaturated layer, where it can either refreeze, be
retained or runs off.

Here, we adopt the following definition of the specific surface mass balance, from now on called the
SMB, in mm w.e. yr−1:

SMB = SN+RA−SU−ER−RU, (5.2)

with SN snowfall, RA rain, SU sublimation, ER drifting snow erosion and RU runoff. RU represents
rain and meltwater that is not refrozen or retained in the firn layer. Strictly speaking, this definition of
SMB represents the climatic mass balance, as internal accumulation is included (Cogley et al., 2011).

5.2.3 Subsurface energy absorption

In Rp3, the albedo and energy absorption profiles within snow layers are computed on full-radiation
(FR) time steps, which is every whole hour. For all other time steps, the albedo and absorption profiles
of the previous FR time step are used as long as the sun is above the horizon. The subsurface energy
absorption that is calculated by TARTES, however, is only valid on a FR time step, as snow layers and
radiation entering the snowpack change within the hour.

To be able to calculate subsurface energy absorption at non-FR time steps, we assume that the net down-
ward shortwave energy flux F(z) decays exponentially within a model layer with attenuation length τ ,
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where depth z > ztop, with ztop the depth of the upper interface and Ftop the net downward shortwave
flux at the top of the snow layer. F(z) is then:

F(z) = Ftope−(z−ztop)/τ . (5.3)

At each FR time step, τ is determined for each snow layer using Eq. (5.3) and the modeled absorption
profile of TARTES. During non-FR time steps, these τ’s are used to distribute the net absorbed short-
wave radiation over the model layers. This procedure is repeated for all spectral bands of Rp3, as both
the albedo and τ depend on wavelength. For visible light, only a small fraction of incoming radiation is
absorbed in the snowpack, but penetrates relatively deeply. For near-infrared (near-IR, 750–1400 nm)
radiation, a large fraction is absorbed, but penetration and absorption is limited to the upper layers
(Ebert et al., 1995; Gardner and Sharp, 2010; He et al., 2017, 2018b; He and Flanner, 2020).

Due to the absorption behaviour for near-IR radiation, a major fraction of incoming radiation is absorbed
in the upper millimeters of the snowpack. As for this length scale, the time scale for heat diffusion to the
surface is shorter than the model time step (4 minutes) and near surface shortwave radiation absorption
therefore needs to be accounted for in the SEB. In order to distinguish between surface and subsurface
energy absorption, we assume that the fraction of absorbed energy attributed to the SEB is 1 at the
surface and linearly decreases to 0 at the maximum skin layer equilibration depth (SLED). Using scale
analysis, we estimate the SLED for both snow and ice to be 5 mm (Appendix A). All energy absorbed
beyond the SLED can be ascribed to internal absorption. Hence, for a layer ranging from top ztop to
bottom zbot that is completely above the SLED, i.e., zbottom ≤ zsled, and by using Eq. (5.3), the absorbed
internal energy Einternal is given by the dissipated flux:

Einternal =−
∫ zbot

ztop

z
zsled

dF(z)
dz

dz,

=
Ftop

zsled

((
ztop + τ

)
− (zbot + τ)e−(zbot−ztop)/τ

)
. (5.4)

The absorbed energy that contributes to the SEB is the difference between the total energy absorbed in
this layer and Einternal. For the layer in which the SLED is located, Eq. (5.4) is evaluated to zsled; all
energy below SLED is counted as internal energy absorption.

Figure 5.1 illustrates F(z), dF(z)/dz and the energy contributing to ESEB and Einternal as a func-
tion of depth for a typical fresh snow (Fig. 5.1a) and ice layer (Fig. 5.1b) for Rp3’s spectral band
6 (778-1242 nm) and 4 (442-625 nm), respectively. As energy absorption depends on F(z) and τ , which
in turn depends strongly on wavelength and snow structure (Meirold-Mautner and Lehning, 2004; Ack-
ermann et al., 2006; Warren et al., 2006; He et al., 2017, 2018b; He and Flanner, 2020; Cooper et al.,
2020), significantly more energy is absorbed within the SLED for fresh snow and near-IR radiation, as
τ is small for this case, than for ice and visible light, for which τ is large, resulting in more internal
energy absorption close to surface and a larger ESEB.
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Figure 5.1: Net downward shortwave radiation F(z) (purple), dF(z)/dz, absorbed energy contributing
to the SEB (ESEB), indicated by the area above the red curve with dense hatches, and internal energy
absorption (Einternal), indicated by the area under the red curve with sparse hatches, as a function of
depth for (a) a fresh snow layer and Rp3’s spectral band 6 (778-1242 nm) and (b) an ice layer for
band 4 (442-625 nm). The vertical dashed line shows the 5 mm skin layer equilibration depth (SLED).
Here, we assume typical net downward shortwave radiation at the surface and τ = 0.008 m for (a)
(Meirold-Mautner and Lehning, 2004) and τ = 0.56 m for (b) (Cooper et al., 2020). All absorbed
energy beyond zsled is internal.

5.2.4 RACMO2 simulations

In this study, we test Rp3 on a 11 km grid for the GrIS and its immediate surroundings between 2006
and 2015, using September 2000 to December 2005 as spinup. At the lateral boundaries, Rp3 is forced
with ERA-Interim data (Dee et al., 2011). The only impurity type considered is soot, which is homoge-
neously distributed for all snow and firn layers. The impact of soot is known to be underestimated, so
a fixed concentration of 5 ng g−1 is used, which is higher than the typical 3 ng g−1 soot concentration
of the interior (Chylek et al., 1992; Doherty et al., 2010; Dang et al., 2015). A spatially variable soot
concentration is used for bare ice such that the Rp3 bare ice albedos match the MODIS observations for
clear-sky conditions and typical solar zenith angle (Van Dalum et al., 2020a).

The firn-column, i.e, snow and ice density, thickness, temperature, grain radius and water concentration,
is initialized for all active layers with output of Rp2 (Noël et al., 2018b), and all grains are spherically
shaped. Bare ice is identified if the continuous set of layers, counted from bottom up, have a density
larger or equal to 899 kg m−3.

In order to highlight the impact of model changes, we investigate the sensitivity of various parameters by
comparing the results with a run of Rp3 that is without internal energy absorption (Rp3 WIE). Rp3 WIE
also covers the same period of analysis as Rp3 and Rp2. Furthermore, we investigate the sensitivity of
the numerical choices in the implementation of subsurface heating.
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5.2.5 in situ observations

Three type of measurements are used in this study: stake measurements to determine the SMB, AWS
observations to evaluate the SEB, 2-m temperature (T2m) and 10-m wind speed (v10m), and subsurface
temperature observations. The SMB observational data set in the GrIS ablation zone of Machguth
et al. (2016) consists, among others, of data along the Kangerlussuaq transect (K-transect, Smeets
et al., 2018) and data of the Programme for Monitoring of the Greenland Ice Sheet (PROMICE, Van
As et al., 2011). The K-transect is located perpendicular to the ice margin at approximately 67◦ N
in southwest Greenland and includes both ablation and accumulation sites. PROMICE measurement
sites are positioned around Greenland, but are mostly located in the ablation zone. AWS data of both
the K-transect and PROMICE are used to evaluate the SEB. Deriving energy fluxes from AWS data
is not trivial, and requires assumptions regarding surface roughness and sensor tilt corrections. For
the K-transect, this is discussed in more detail in Smeets et al. (2018). Furthermore, subsurface snow
temperature profiles from Summit are used. These temperature profiles have been measured during the
summer of 2007 as part of the Summit Radiation Experiment (SURE ’07) at a depth of 0.02 m up to
0.10 m using thermocouples and at a depth of 0.20, 0.30, 0.50, 0.75 and 1.00 m using thermistor strings
(Kuipers Munneke et al., 2009).

The majority of observations are performed outside the time window of the model run or within two grid
points of the ice-sheet margin; these are dismissed, as the ice-sheet margins are not properly captured
at the 11 km resolution used for these runs. For example, the modeled surface elevation above sea level
for the PROMICE stations NUK-U and THU-U, both located close to the ice margin within two grid
points on the RACMO2 grid, show an undesirably large elevation difference with observations: 1069
and 665 m in Rp3 versus 1120 and 760 m observed, respectively. This limits the data set to S6, S7, S8,
S9 and S10 for the K-transect, to KAN-M and KAN-U for PROMICE and to two SMB measurement
locations slightly to the northwest of S9.

For the evaluation of SMB and SEB, the two closest grid points to an observational site are selected in
RACMO2 and linearly interpolated between them. Interpolation between two grid points is, however,
not desirable for the analysis of subsurface processes, as the size and depth of snow layers in RACMO2
can alter considerably between two neighboring points. Instead, we use the nearest model grid point for
subsurface processes.

5.3 Surface mass balance

5.3.1 Comparison with RACMO2.3p2

Figure 5.2a shows the average 2006-2015 SMB for Rp3. The absolute and relative difference with Rp2
(Rp3 − Rp2) is shown in Fig. 5.2b and c, respectively. The SMB changes are typically significant with
respect to the inter-annual variability if they exceed 20 mm w.e. yr−1. The difference between Rp3
and Rp2 for snowmelt, refreezing and runoff are shown in Fig. 5.3. Changes in modeled precipitation,
sublimation and drifting snow erosion are not shown, as these processes are not significantly affected
by the changes implemented in Rp3 and the differences are on average below 1.1 mm w.e. yr−1.
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Figure 5.2: (a) Average surface mass balance between 2006 and 2015 for Rp3, with a linear color
scale with a stepsize of 100 mm w.e. yr−1 between −500 and 500 mm w.e. yr−1 and 500 mm w.e. yr−1

elsewhere. (b) SMB difference (Rp3 − Rp2). A linear color scale with a step size of 100 mm w.e. yr−1

between −500 and −100 and between 100 and 500 mm w.e. yr−1 is used and 20 mm w.e. yr−1

elsewhere. The dots in the southwest are the locations of the K-transect AWS stations, from left to right:
S6, S9 and S10. KAN-U and KAN-M of the PROMICE data set are located close to S10 and between
S6 and S9, respectively, but are not shown separately. Subsurface temperature profiles are available for
Summit (green dot). The star indicates a location that will be discussed in Sect. 5.6.1. (c) The relative
difference between Rp3 and Rp2. Patterns A and B are discussed in the text.

Integrated over the ice sheet, the SMB increases by 17.0 mm w.e. yr−1, or 9.8%. In the interior,
significant differences are observed only in south Greenland, with a considerable increase of snowmelt
(Fig. 5.3a). As radiation penetration now allows subsurface heating, it consequently raises subsurface
temperatures and increases melt. Because all snowmelt refreezes in the snowpack, these changes do not
affect the local SMB (Fig. 5.3b and c). Refreezing, however, changes the structure of the snowpack,
inducing more energy absorption and higher snow temperatures, leading to more melt.

The outer rim of the ice sheet, except in the southeast, is characterized by a strong SMB increase.
In Rp2 at 11 km, the bare ice albedo of the majority of the outermost glaciated points is 0.30 due to
contamination with tundra albedo, causing too much melt and runoff. This artifact is mitigated for
higher resolutions and is solved in Rp3 (Van Dalum et al., 2020a), lowering the snowmelt and runoff
and increasing the SMB. In the southeast close to the ice-sheet margin, this issue is absent, as at this
low resolution the number of grid points for which bare ice reaches the surface is limited. Snowmelt
is slightly higher and refreezing is similar to Rp2 for this region, resulting in more runoff. This is
discussed in more detail in Sect. 5.5.
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Figure 5.3: Average difference (Rp3 − Rp2) for 2006-2015 for (a) snowmelt, (b) refreezing and
(c) runoff in mm w.e. yr−1, with the same color scale as in Fig. 5.2b, and average relative difference
for (d) snowmelt, (e) refreezing and (f) runoff.
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The lower ablation area of the GrIS in the southwest experiences an increase in refreezing (Fig. 5.3b),
while the SMB difference is limited. Refreezing is enhanced by the introduction of radiation penetra-
tion. In Rp3, subsurface melting of ice creates pore space (see Sect. 4.2.1) and consequently increases
the meltwater retention capacity. In Rp2, there is no retention of meltwater once bare ice reaches the
surface, limiting refreezing in the shallow winter snowpack. Additionally, some regions in the south-
west show a small increase in snowmelt, which is induced by, on average, a slightly lower albedo in Rp3
(Van Dalum et al., 2020a). As a result, the increase in snowmelt and refreezing balance out, leading to
a runoff similar to Rp2 (Fig. 5.3) and little change in SMB (Fig. 5.2b).

In Rp3, snowmelt has increased in the percolation zone and most of the additional meltwater refreezes
locally. Close to the equilibrium line, however, the meltwater buffering capacity is exceeded due to the
addition of meltwater. Runoff therefore occurs, lowering the SMB (pattern A in Fig. 5.2c). Similarly,
in the upper ablation zone, where the winter snow cover lasts long during summer, enhanced melt leads
to a small reduction of refreezing, as the refreezing capacity is consumed faster.

The northeast shows a large area with reduced SMB (pattern B in Fig. 5.2c). This region is characterized
by dry conditions, resulting in a thin winter snow layer that melts away quickly in spring, exposing bare
ice. Due to the low albedo of bare ice and radiation penetration, the ice temperature is raised, leading
to melt in multiple model layers reaching greater depths and prolonging the melt season (discussed in
more detail in Sect. 5.6.1), consequently enhancing melt and runoff (Fig. 5.3a, c, d and f). Furthermore,
it usually takes several weeks after the ablation season ends for fresh snow layers to grow to a thickness
of over 10 cm. During this time, some radiation can still reach bare ice layers, lowering the albedo and
inducing more energy absorption.

To summarize, averaged over the ice sheet, snowmelt has barely changed, i.e., -1.1 mm w.e. yr−1

(-0.33%), compensating the increase of melt in south Greenland with the reduced melt at the margins.
The runoff, on the other hand, is lowered by -18.7 mm w.e. yr−1 (-8.6%) while refreezing has increased
by 18.1 mm w.e. yr−1 (12.7%). By percentage, snowmelt and refreezing have increased considerably
in the interior of the ice sheet, except for a large area in the center (Fig. 5.3d and e). This is discussed
in more detail in Sect. 5.3.2. No runoff is modeled in the interior (Fig. 5.3c and f), as meltwater
refreezes locally. Around the K-transect, the relatively large increase of refreezing consequently lowers
the modeled runoff. A relatively strong runoff increase is modeled in A and B.

5.3.2 Cloud cover and melt

For a large area of the central GrIS, snowmelt and refreezing have decreased considerably by percentage
(Fig. 5.3d and e). Melt events in this region, although rare, are almost always associated with above-
average cloud cover (Fig. 5.4a), reducing the amount of SW radiation that reaches the surface. In
general, the albedo of Rp3 is lower than Rp2 for this region (Van Dalum et al., 2020a), but for cloudy
conditions and during melt events, the albedo of Rp3 is considerably higher (Fig. 5.4b), leading to less
energy absorbed in the snowpack and subsequently less melt and refreezing. This albedo increase is
mostly caused by the changing spectral distribution of irradiance during cloudy conditions, as relatively
more irradiance is ultraviolet (UV) and visible light, for which the albedo is high, and relatively less is
IR radiation, for which the albedo is low (Van Dalum et al., 2019). A large fraction of UV and visible
radiation is absorbed internally, heating subsurface layers that can potentially increase melt. This is
discussed in more detail in Sect. 5.5.2. This effect, however, is not enough to mitigate the reduced
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Figure 5.4: (a) Fraction of melt occurrences during cloudy conditions for Rp3 and (b) the albedo dif-
ference (Rp3 − Rp2) during melt events and cloudy conditions. A minimum vertically integrated cloud
content of 0.05 kg m−2 is required to be considered cloudy and a minimum melt rate of 250 mm w.e. yr−1

is required to be considered a melt event. All data are averaged between 2006 and 2015.

irradiance and higher albedo and therefore less snowmelt is modeled. Note that the total amount of
snowmelt modeled for this region in central GrIS is on average very small (2 mm w.e. yr−1) compared
to ablation areas (e.g., 2500 mm w.e. yr−1 at S6).

5.3.3 SMB Observations

Figure 5.5 shows the SMB of Rp3 and Rp2 with respect to various SMB observations. The determina-
tion coefficient, root-mean-square error (RMSE) and bias with respect to observations are also shown.
A slightly higher SMB is modeled for Rp3 compared to Rp2, reducing the bias with observations. The
differences with observations are particularly relevant for the measurement sites in the lower ablation
zone (S6, squares in Fig. 5.5) and are caused by increased refreezing in Rp3 (Fig. 5.3b). Note that the
spread is considerably higher for the ablation zone, illustrating that the large temporal variability is not
always captured properly with this resolution in RACMO2. Increasing the resolution might improve
the modeled estimates for the locations close to the ice margin.
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Figure 5.5: Surface mass balance along the K-transect in Rp3 (blue) and Rp2 (red), compared to
in situ stake observations (m w.e. yr−1). Measurements are taken between 2006 and 2015, with each
dot representing one year. Only observations at least 2 grid points away from the ice margin in the
RACMO2 grid are selected for evaluation (locations are shown in Fig. 5.2b). The black line is the
1-on-1 line and the red and blue line show the linear regression of the data, with b0 the slope and b1
the intercept. Number of records (N), determination coefficient (R2), root-mean-square error (RMSE)
and bias are also displayed, with the latter two in m w.e. yr−1. Results for S6 are shown with squares.

5.4 Surface energy budget

Figure 5.6 shows that the SEB components of Rp3 correlate generally well with observations of S6, S9
and S10 of the K-transect and KAN-U and KAN-M of PROMICE. The downward and upward longwave
radiative flux (LWd and LWu) show a determination coefficient (R2) of 0.93 and 0.97, respectively and
the performance of Rp3 is similar to Rp2 (Table 5.1). The small bias of LWd and shortwave downward
radiative flux (SWd) shows that the influence of cloud cover is captured well. There is a tendency for
Rp3 to underestimate LWd during cold and dry, cloud-free winter (small SWd) conditions, resulting in
underestimated LWu for the same cold days.

SWd and upward shortwave radiative flux (SWu) are both in good agreement with observations. The
R2, bias and RMSE of these fluxes have improved in Rp3 compared to Rp2 (Table 5.1), which confirms
that the albedo has improved, in agreement with Van Dalum et al. (2020a).

Both the sensible and latent heat flux (SHF and LHF, respectively), show a considerable spread (Fig. 5.6c
and f). While the LHF is small and contributes little to the SEB, the SHF is important to model
melt events properly. The difference with observations for the 2-m temperature (T2m) and 10-m wind
speed (V10m) (Table 5.1 and Appendix Fig. B1), however, are relatively small, and can therefore not ex-
plain the large spread of the turbulent fluxes. As is discussed in Noël et al. (2018b), the bias in SHF can
be attributed to an inaccurate representation of the roughness length, especially for bare-ice conditions.
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Figure 5.6: Daily-averaged Rp3 SEB components between 2006 and 2015 compared to in situ obser-
vations including S6, S9 and S10 of the K-transect and KAN-U and KAN-M of PROMICE for (a) down-
ward shortwave radiation (SWd), (b) upward shortwave radiation (SWu), (c) sensible heat flux (SHF),
(d) downward longwave radiation (LWd), (e) upward longwave radiation (LWu) and (f) latent heat
flux (LHF). The black line is the 1-on-1 line and the red line shows the orthogonal total least squares
regression of the data, with b0 the slope and b1 the intercept. Number of records (N), determination
coefficient (R2), root-mean-square error (RMSE) and bias, the latter two in W m−2, are also displayed.
In all panels, positive values imply an energy flux directed towards the surface.

Table 5.1: Statistics of the daily-averaged Rp2 and Rp3 SEB components, atmospheric 2-m temper-
ature (T2m) and 10-m wind speed (V10m) compared to in-situ observations between 2006 and 2015.
Data include S6, S9 and S10 (S10 is not available for T2m and V10m) of the K-transect and KAN-U and
KAN-M of PROMICE. The determination coefficient (R2), root-mean-square error (RMSE) and bias are
shown.

Rp2 Rp3
Variable Unit R2 bias RMSE R2 bias RMSE
LWd W m−2 0.93 0.4 25.7 0.93 0.3 25.3
LWu W m−2 0.97 -2.8 15.6 0.97 -3.4 15.7
SWd W m−2 0.99 -4.1 26.3 0.99 -1.4 24.0
SWu W m−2 0.99 2.8 23.4 0.99 1.2 20.2
SHF W m−2 0.87 5.2 14.7 0.88 4.5 14.0
LHF W m−2 0.72 -0.4 8.5 0.72 -0.5 8.4
T2m

◦C 0.99 1.4 2.7 0.99 1.6 2.8
V10m m s−1 0.94 0.3 1.7 0.94 0.3 1.8
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Figure 5.7: 2006-2015 averages of the 5-day running mean SEB components for the K-transect for in
situ observations, Rp2 and Rp3 at (a) S6 and (b) S9, and for 2010-2015 at (c) S10.

Figure 5.7 shows the climatology of the SEB components of in situ, Rp2 and Rp3 data for S6, S9 and
S10. The Rp3 and Rp2 radiative and turbulent fluxes are generally similar, and agree with in situ obser-
vations. Some differences with observations are, however, still observed. The net absorbed longwave
radiation (LWn), defined as LWd − LWu, is significantly lower during winter for both Rp2 and Rp3,
which is mostly due to the temperature error induced by an overestimation of SHF and partly due to
a small negative bias of LWd. No changes have been made to the cloud and SHF parameterizations
in Rp3, so similar results as Rp2 are therefore expected (Noël et al., 2018b). Improving the repre-
sentation of surface roughness may also improve the results. During summer, only the net absorbed
shortwave radiation (SWn), defined as SWd − SWu, shows considerable discrepancies for S6 and S9.
The introduction of a new radiation penetration and snow albedo scheme reduces the differences with
observations for Rp3 compared to Rp2. This is especially noticeable at the onset of the accumulation
season at S6 when a thin fresh snow layer forms on top of bare ice. As Rp2 does not include radiation
penetration, the ice layers are colder and the melt season ends earlier, allowing the early formation of a
fresh snow layer, raising the albedo. The albedo differences are relatively small for S10, as this location
is characterized by a thick firn layer. The evaluation of the snow albedo scheme of Rp3 is discussed in
more detail in Van Dalum et al. (2020a).

5.5 Subsurface energy absorption

5.5.1 K-transect

Subsurface energy absorption of shortwave radiation is an important addition in Rp3. We illustrate
the absorption of solar radiation and grain radius as a function of depth for the K-transect for 2012 in
Fig. 5.8. S6 is situated in the ablation zone and this dry region is characterized by a relatively thin
fresh snowpack after winter. During June, the ice horizon quickly moves up exposing bare ice until
September. As S6 is situated in the so-called ‘dark zone’ (Van de Wal and Oerlemans, 1994; Wientjes
et al., 2011), the exposed bare ice has a high impurity concentration and a large grain radius, leading to
extensive subsurface energy absorption up to 15 cm deep. During the accumulation season, subsurface
energy absorption is limited, except during sporadic melt events when the surface grain radius grows
rapidly, allowing radiation to penetrate to deeper layers.

At S10, situated in the accumulation zone, higher winter accumulation provides a thicker snowpack
at the start of the melt season than at S6. Consequently, the whole snow column only melts away
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Figure 5.8: (a), (b) Grain radius and (c), (d) absorption of solar radiation as a function of time and
depth for the 20 upper most snow layers for S6 and S10, respectively, for local solar noon (15:00 UTC)
in 2012. Bare ice is indicated by a grain radius of 1000 µm and white bars indicate layers beyond the
20 upper snow layers.

during extreme melt events like in the summer of 2012 and 2019, in which bare ice surfaces for a
few weeks in August (Fig. 5.8b). In late June and July, firn layers that are characterized by a large
grain radius reach the surface and induce significant absorption of solar radiation, although less than for
bare-ice conditions. The absorption, however, is limited to the upper 5 cm. Note that the formation of a
thin fresh snow layer in early July considerably diminishes subsurface energy absorption.

5.5.2 Distribution of energy

Since a significant fraction of the shortwave radiation is absorbed in the upper few millimeters of the
snow column, not all incoming radiation contributes to subsurface heating (Sect. 5.2.3). The fraction
of shortwave radiation absorbed that directly contributes to the SEB depends on wavelength and snow
conditions, which is illustrated in Fig. 5.9. This figure shows, as an example, the absorption of energy
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Figure 5.9: Energy absorbed in the snowpack during a clear-sky summer day (10 July 2007) at Summit
in central Greenland (left bars) and S6 (right hatched bars) for the first twelve spectral bands of Rp3.
Blue indicates the fraction of energy that is absorbed internally, orange the fraction that contributes
directly to the SEB. Numbers above the bars show the percentage of radiation absorbed with respect to
incoming radiation at the surface. In bands 13 and 14 (not shown), absorption at the surface is 100%.

for a summer day for a grid point at Summit in central Greenland (left bars) and S6 (hatched right bars)
for the first twelve spectral bands. Band 13 and 14 are not shown, as all energy for these bands is added
to the SEB. Blue shows the energy absorbed internally and orange the energy that contributes to the
SEB, with numbers above the bars indicating the percentage of surface radiation that is absorbed.

At Summit, almost all radiation is absorbed internally for visible light (bands 1-5), but the amount
of radiation that remains in the snowpack for these bands is limited. For IR radiation (bands 6-12),
considerably more absorption takes place. The attenuation length in snow is short for IR radiation (He
and Flanner, 2020), leading to a strong absorption within the SLED, increasing the fraction of energy
that contributes to the SEB.

S6 has bare ice at the surface for the selected day, and considerably more radiation is absorbed in the
visible light bands due to a high concentration of soot. Most notably, is the large increase of energy
absorbed in band 6. This is a wide band with a considerable amount of energy available. It is especially
sensitive to albedo drops induced by an increase of grain radius and density, e.g., when bare ice reaches
the surface (Van Dalum et al., 2019).

For bands 7 to 12, almost all incoming radiation is absorbed at S6 due to the large grain radius and
density. For these bands, a lower fraction of energy contributes to the SEB at S6 compared to Summit.
As the grain size at S6 has increased more strongly than the density when compared to the snowpack
at Summit, the number of grains in the SLED is therefore lower. In other words, the snowpack at S6
misses a scattering fresh snow top layer, hence increasing the chance of near-IR radiation to penetrate
through the SLED without being absorbed. This effect is less pronounced for visible light, as the SLED
is so small that visible light travels in and out virtually without loss, especially if the soot concentration
is as low as that at Summit.
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Figure 5.10: Subsurface temperature profile for the 20 upper snow layers of Rp2, Rp3, Rp3 without in-
ternal energy absorption (WIE) and observations (Obs.) for S6 and Summit for (a) a winter day (29 Jan-
uary 2007) and (b) a summer day (10 July 2007) at 15:00 UTC. No observations are available for Sum-
mit on this winter day. (c) Subsurface temperature profile for a location in the accumulation zone of
southeast Greenland (SE GRL, star in Fig. 5.2b) and S6 during a melt event (22 June 2012 15:00 UTC).
The insets show the results of the upper layers in more detail.

5.6 Sensitivity experiments

In this section, we discuss the impact of subsurface energy absorption on the subsurface temperature
for various locations in winter and summer. Furthermore, we investigate the 10-m snow temperature
(T10m) and the impact of subsurface energy absorption on the SMB by comparing the results with Rp3
without internal energy absorption (WIE).

5.6.1 Subsurface temperature

First, we analyze the impact of subsurface energy absorption on subsurface snow temperatures. Fig-
ure 5.10 shows the subsurface temperature profile for Rp2, Rp3 and Rp3 WIE for S6 and Summit for
a typical winter day and summer day, and for an extraordinary warm summer day for S6 and a grid
point in southeast Greenland (locations are shown in Fig. 5.2b). As the modeled temperature is not
interpolated between layer mid-points, the stepwise temperature profile indicates individual model lay-
ers. Rp3 generally has thinner snow layers, leading to a higher vertical resolution, which is especially
relevant close to the surface. As Fig. 5.10 only shows the upper 20 snow layers, the temperature curve
of Rp3 therefore does not reach as deep as Rp2.
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During winter (Fig. 5.10a), the temperature profiles are similar for both S6 and Summit. Internal
heating is limited, as only a small amount of radiation reaches the surface and both sites are covered
with fine-grained fresh snow layers. Only a significant change is observed in the upper first centimeters,
with thinner snow layers and higher temperatures in Rp3.

During summer (Fig. 5.10b), subsurface energy absorption has a clear impact on subsurface tempera-
tures. For S6, melting occurs in multiple layers reaching to a depth of about 14 cm, which coincides
approximately with depths that absorption of solar radiation is still relevant (Fig. 5.8c). With the addi-
tion of subsurface heating, the temperature of deeper layers is raised as subsurface heat cannot dissipate
as easily as on the surface. Higher subsurface snow temperatures make the snowpack more susceptible
to internal melt, thus increasing the vertical melt extent. Note that all melting layers are still connected
to the surface, effectively reducing it to a single melt layer. The impact of subsurface heating is also
illustrated by the similar temperature profile of Rp3 WIE with respect to Rp2.

For Summit, much colder conditions prevail during summer. Compared to Rp2, the subsurface temper-
atures of Rp3 are considerably higher (up to 5 ◦C) and match the observations better, but are slightly
overestimated in the upper 10 centimeters. Rp3 WIE shows lower temperatures similar to Rp2, leading
to a cold bias with the observations. The temperature decline with depth, however, is more gradual for
Rp3 WIE compared to Rp2. Adding subsurface energy absorption considerably increases the ability of
RACMO2 to reproduce realistic subsurface temperature profiles for Summit.

Figure 5.10c shows the subsurface temperature profile during a melt event in the accumulation zone of
southeast Greenland (SE GRL, star in Fig. 5.2b) and for S6. The figure illustrates that melting point is
reached up to a considerably greater depth for the accumulation point in SE GRL than S6 (0.36 m and
0.18 m depth, respectively). This can be understood by surface melt percolating through snow to deeper
layers, warming the subsurface. In ice at S6, meltwater can only percolate downwards through pores
that are generated by internal melting. The snowpack in SE GRL, on the other hand, consists of various
layers of relatively fresh snow and firn where meltwater can easily percolate, similar to the snowpack
illustrated for S10 in May in Fig. 5.8b. A larger vertical melt extent is therefore expected for this
grid point. Moreover, the addition of subsurface heating enhances subsurface temperatures even more,
further increasing the vertical melt extent. As a warmer snowpack is more prone to melting, more
melt events are expected to occur in the accumulation zone like in SE GRL. This is in agreement with
Fig. 5.3d and e, which shows a relatively strong increase in snowmelt and refreezing around central
GrIS for Rp3 compared to Rp2, especially in the southeast where this grid point is located. As this
location in SE GRL is too far from the ice margin, no runoff is modeled and all meltwater refreezes
locally. Even though the snowmelt and consequent refreezing are still small and do not alter the SMB,
they do change the snow structure.

We also investigate the sensitivity of the subsurface snow temperature to the the skin layer equilibration
depth zsled, which we introduced in Sect. 5.2.3 and set to 5 mm using scale analysis. Underestimating
zsled leads to an overestimation of subsurface heating, as not enough heat diffuses to the surface within
the model time step, trapping too much heat beneath the surface. Increasing zsled only has a limited
effect on the subsurface temperature (Appendix Fig. B2). As expected, lowering zsled results in too
much subsurface heating and raises the snow temperature, illustrating that an underestimation of zsled
should be avoided.
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Figure 5.11: (a) Temperature at 10 m depth (T10m) at the end of the simulation (31 December 2015)
for Rp3; (b) Averaged yearly mean (2006-2015) skin temperature (Tskin) difference with T10m for Rp3,
with positive values indicating that Tskin is larger than T10m; (c) Difference between Rp3 and Rp2 for
Tskin−T10m and (d) the difference between Rp3 WIE and Rp2 for Tskin−T10m. In (c) and (d), a positive
value indicates that the Tskin−T10m has become larger compared to Rp2.

5.6.2 Snow temperature at 10 m depth

In the absence of melt and refreezing, the T10m is regarded as a good proxy of the mean annual surface
temperature. Here, we analyze whether this assumption is true given the observed impact of radiation
penetration on summer subsurface temperatures. Figure 5.11 shows the averaged yearly mean T10m at
the end of the simulation for Rp3 (Fig. 5.11a), the difference between the average skin temperature
(Tskin) and T10m (Fig. 5.11b) and the Tskin−T10m difference for Rp3 and Rp3 WIE with respect to Rp2
(Fig. 5.11c and d, respectively).

In the interior, the difference between Tskin and T10m is small for Rp3, illustrating that T10m is indeed a
good proxy of the mean annual surface temperature for this region. For Rp3, Tskin−T10m is comparable
to Rp2 (Fig. 5.11c), for Rp3 WIE, however, it is considerably larger (Fig. 5.11d). As all solar energy
is absorbed at the surface for Rp3 WIE and the albedo is slightly lower compared to Rp2, Tskin is
consequently increased while the energy that reaches 10 m depth is decreased, thus lowering T10m. In
other words, Fig. 5.11d highlights the importance of radiation penetration.

In the percolation zone (A of Fig. 5.2c), the difference between Tskin and T10m (Fig. 5.11b) is consider-
able, owing to latent heat being released upon refreezing. Consequently, T10m is not representative for
the surface temperature in this zone. There are also large differences in southeast Greenland, which is
characterized by firn aquifers that keep the deeper snow temperature near the melting point year round.

To conclude, T10m is a good measure for the surface temperature, except close to the ice-sheet margin
in the southeast and the percolation zone. Moreover, subsurface energy absorption reduces Tskin−T10m
in the interior.
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Figure 5.12: 2006-2015 Average difference between Rp3 WIE and Rp3 (Rp3 WIE − Rp3) for (a) the
SMB in mm w.e. yr−1, and by percentage for (b) snowmelt and (c) refreezing. The same color scale is
used as in Fig. 5.2b for (a).

5.6.3 SMB without subsurface energy absorption

In this subsection, we discuss the impact of radiation penetration on the SMB and analyze its com-
ponents by comparing Rp3 WIE with Rp3. Figure 5.12 shows the SMB, snowmelt and refreezing
difference between Rp3 WIE and Rp3. Note that in Rp3 WIE radiation penetration is still used to
determine the albedo, but all absorbed shortwave radiation is added to the SEB.

The SMB difference of Fig. 5.12a is limited in the interior, where melt does not run off. The SMB
is lower for Rp3 WIE in most of the ablation zone (Fig. 5.12a), in particular in the southwest (area C
of Fig. 5.12c), where we observe a relatively small snowmelt increase (Fig. 5.12b). More impor-
tantly, however, is that subsurface radiative heating reduces refreezing in the ablation zone (Fig. 5.12c),
especially in the southwest, but also in the northwest and northeast (area C, D and B of Fig. 5.2c,
respectively), so that runoff increases, reducing the SMB. The SMB difference of Fig. 5.12a is limited
in the interior, where melt does not run off. In the central part of the interior, the melt and refreez-
ing differences are limited, supporting the findings of Sect. 5.3.2. In a broad elevation band around
the center, less snowmelt and refreezing is observed, illustrating the importance of subsurface energy
absorption, which prevents the surface from reaching the melting point. In south Greenland, the melt
difference is considerably smaller than the difference between Rp3 and Rp2 (Fig. 5.3d), although still
not negligible, illustrating that subsurface heating is not the only relevant process here. This region is
also characterized by an albedo decrease (Van Dalum et al., 2020a), resulting in more absorption of
shortwave radiation and snowmelt, contributing significantly to the observed difference between Rp3
and Rp2.
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5.7 Conclusions

In this study, we evaluated the impact of a new snow and ice albedo and radiative transfer scheme that
allows subsurface heating on the surface mass balance (SMB), surface energy budget (SEB) and firn
and snow temperature of the GrIS in the latest version of the regional climate model RACMO2. In this
new version Rp3, we also updated the multilayer firn module (Van Dalum et al., 2020a) and developed
a method to distribute total absorbed shortwave radiation between the SEB and to internal absorption.

We have run Rp3 for the GrIS for 2006-2015 using ERA-Interim data at the lateral boundaries. The
modeled SMB correlates well with ablation stake measurements and the SEB is in good agreement with
AWS observations at the K-transect and for a selection of PROMICE stations. Moreover, subsurface
radiative energy absorption leads to higher summer snow temperatures and a larger vertical melt extent,
improving the agreement with observed snow temperatures at Summit.

Compared to the previous RACMO2 version Rp2, the SMB difference is small in the interior, as any
change in snowmelt is balanced by refreezing. In the percolation zone close to the equilibrium line,
the SMB is lowered as the meltwater buffering capacity is exceeded due to the addition of melt, lead-
ing to runoff. In the ablation zone in the southwest, considerably more refreezing occurs due to pore
space created in ice by melt induced by subsurface energy absorption. Finally, the SMB is higher at
the very margins due to the removal of an artifact in the ice albedo of Rp2, which reduces snowmelt.
These differences are small or absent in the wet southeast, where bare ice rarely reaches the surface.
For this region, relative differences in snowmelt and refreezing are substantial due to subsurface energy
absorption and meltwater percolation. This increased snowmelt and refreezing does not lead to signif-
icant SMB changes, but does change the snow structure. Furthermore, subsurface temperature profiles
show a more gradual temperature decrease with depth in Rp3 during summer in the interior, and melt
reaching deeper layers both in the accumulation and ablation zone.

There is, however, still room for improvement. The resolution used in this study, i.e., 11 km horizontal
resolution, is sufficient to resolve the SMB and SEB in the interior of the ice sheet, but is insufficient
to resolve the inhomogeneous ablation zone, especially close to the ice margin. For example, bare rock
cropping out of the ice, steep slopes or snow patches are usually smaller than the current RACMO2
resolution. More fundamentally, the ice albedo, although significantly improved in Rp3, could be fur-
ther improved upon by using a dynamic Mie-scattering theory model (Gardner and Sharp, 2010). In
addition, a new impurity scheme that would allow the introduction of more impurity types and varying
concentrations for each layer in space and time and would be beneficial.

To conclude, Rp3 is capable to accurately reproduce the SMB, SEB and (sub)surface temperature when
compared to in situ observations. Differences with Rp2 are most pronounced in the ablation zone close
to the ice margin, in south Greenland and in the percolation zone. Furthermore, the snow temperature
with depth is altered ice-sheet wide due to subsurface energy absorption. The improvements made
in Rp3 are especially relevant in a warming climate where the GrIS surface will typically have lower
albedos and more subsurface energy absorption, thus improving RACMO2’s capability to make future
climate projections. In a subsequent study, we will assess the ability of Rp3 to simulate albedo and melt
in Antarctica.
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Appendix A: Scale analysis

Using scale analysis on the heat equation, we estimate the depth heat diffusion reaches within a model
time step:
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with T the snow/ice temperature, ∆z the depth scale, ∆t the model time step (4 minutes), k the thermal
conductivity, ρ the snow/ice density and cp the specific heat content. Using Eq. (5.5) and typical values
for k, ρ and cp (Fukusako, 1990; Sturm et al., 1997) results in ∆z to be in the order of 5 mm for both
snow and ice.
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Appendix B: Figures

Figure B1: Daily-averaged (a) atmospheric 2-m temperature (T2m) and (b) 10-m wind speed (V10m)
of Rp3 compared to in-situ observations between 2006 and 2015 for S6 and S9 (S10 is not available)
of the K-transect and KAN-U and KAN-M of PROMICE. The black line is the 1-on-1 line and the
red line shows the orthogonal total least squares regression of the data, with b0 the slope and b1 the
intercept. Number of records (N), determination coefficient (R2), root-mean-square error (RMSE, in ◦C
and m s−1, respectively) and bias are displayed.

Figure B2: Subsurface temperature profile for the 20 upper snow layers of Rp3, Rp3 with
zsled = 2.5 mm, Rp3 with zsled = 10 mm and observations (Obs.) for S6 and Summit for a summer day
(10 July 2007) at 15:00 UTC. The insets show the results of the upper layers in more detail.
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Summary

This study investigates the sensitivity of modeled surface melt and subsurface heating on the Antarctic
ice sheet to a new spectral snow albedo scheme and snow metamorphism in the Regional Atmospheric
Climate Model (RACMO2), version 2.3p3 (Rp3). We tune Rp3 by performing several sensitivity experi-
ments and assess the impact on temperature and snowmelt by changing one parameter at a time. When
fully tuned, Rp3 compares well with in situ and remote sensing observations of surface mass and energy
balance, snowmelt, temperature, albedo and snow grain specific surface area. Furthermore, the intro-
duction of subsurface heating in Rp3 significantly improves the snow temperature profile. This tuning,
however, also reveals some persisting compensating errors. Near surface snow temperature is espe-
cially sensitive to the prescribed fresh snow specific surface area and dry snow metamorphism. These
processes, together with the refreezing grain size and subsurface heating, are important for snowmelt
around the margins of the Antarctic ice sheet. Moreover, incorrectly modeling the aforementioned pro-
cesses can lead to an order of magnitude overestimation of snowmelt, locally leading to runoff and a
reduced surface mass balance.
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6.1 Introduction

The contemporary climate of the Antarctic ice sheet (AIS) has been relatively stable, but recently the ice
sheet has been losing mass at an accelerated pace (Shepherd et al., 2018). As the AIS contains enough
water to raise global mean sea level by 58 m (Fretwell et al., 2013), it is imperative to understand
the driving mechanisms behind recent mass loss. Present-day AIS mass loss has been ascribed to
the thinning and breakup of ice shelves, the floating extensions of the ice sheet. Several Antarctic
heat records have been broken in the past decade (Bozkurt et al., 2018), with an all-time record for
continental Antarctica of 18.4 ◦C observed at the tip of the Antarctic Peninsula (AP) in February 2020
(WMO, 2020). These higher temperatures have led to increased surface melt and the formation of
melt ponds on the flat ice shelves, enabling the collapse of the Larsen A and Larsen B ice shelves in
1995 and 2002. More ice shelves are susceptible to collapse if warming continues (Cook and Vaughan,
2010), leading to further AIS mass loss, emphasizing the necessity to fully understand the sensitivity of
Antarctic ice shelves to surface melt.

The specific surface mass balance (SSMB) of a glacier, which is the difference between local accumu-
lation, i.e., mass gain by snowfall and riming, and ablation, i.e., mass loss by runoff, sublimation and
drifting snow erosion, is positive for virtually the entire AIS (Agosta et al., 2019; Rignot et al., 2019;
Mottram et al., 2020). The SSMB is, however, also spatially very variable, and can be as high as 3 m wa-
ter equivalent (w.e.) yr−1 in the western AP (Van Wessem et al., 2016) and as low as 10 mm w.e. yr−1 in
the interior of the East Antarctic ice sheet (EAIS) (Van Wessem et al., 2014). For most regions, precip-
itation dominates the variability on the SSMB signal. Despite low average temperatures (Meyer et al.,
2016), significant snowmelt occurs on ice shelves in East Antarctica and the AP (Kuipers Munneke
et al., 2012). This snowmelt is one to several magnitudes smaller than observed in the western ablation
zone of the Greenland ice sheet (Van den Broeke et al., 2016), and almost all meltwater refreezes in the
snowpack. Consequently, almost no runoff occurs. However, refreezing of meltwater changes the snow
structure as it increases snow grain size.

Through large grains, light has to travel a greater distance before it can scatter off a surface, increasing
the chances of absorption, thus reducing surface reflectivity (albedo) (Warren, 2019). This explains the
strong snowmelt-albedo feedback, as a lower albedo induces more snowmelt. Jakobs et al. (2019) shows
that melt would be three times smaller on an ice shelf in Dronning Maud Land (DML) in East Antarctica
without the snowmelt-albedo feedback. Snow grains also increase in size by dry snow metamorphism
(Sommerfeld and LaChapelle, 1970), the rate of which increases with temperature. Increasing snow
temperature thus means that fresh snow with small grains changes more rapidly into snow with coarser
grains, lowering the albedo. With a lower albedo, more energy is absorbed leading to higher tempera-
tures, therefore representing a positive feedback: the dry snow metamorphism-albedo feedback (Picard
et al., 2012). Radiation penetration leading to subsurface heating accelerates this process. The tem-
perature and snowmelt of the (sub)surface of the AIS is thus sensitive to snow grain conditions and
subsurface heating. This sensitivity can be investigated locally by using in situ observations, but a polar
regional climate model is required to study it for the entire ice sheet.

In this study, we use the polar (p) version of the Regional Atmospheric Climate Model (RACMO2) to
analyse the impact of a spectral snow albedo scheme on the (sub)surface temperature and melt of the
AIS. RACMO2 has been especially adapted to model glaciated areas (Noël et al., 2018b; Van Wessem
et al., 2018; Van Dalum et al., 2020b; Van de Berg et al., 2020), and has previously been used to investi-
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gate the snowmelt-albedo feedback (Jakobs et al., 2019). Here, we use the latest version, RACMO2.3p3,
henceforth Rp3, which has a spectral snow and ice albedo scheme (Van Dalum et al., 2019, 2020a) that
includes radiation penetration, allowing for subsurface heating and subsurface melt. We evaluate Rp3
with in situ and remote sensing observations, as well as with the previous version, RACMO2.3p2,
henceforth Rp2. To investigate the sensitivity of the AIS to (sub)surface heating and snow conditions,
we conduct several sensitivity experiments with Rp3, changing one parameter at a time to assess the
impact on snowmelt and temperature.

First, we discuss RACMO2 and the sensitivity experiments in more detail in Sect. 6.2. We also expand
upon the concept of SSMB, introduce the surface energy balance (SEB) and the observational data sets.
Next, results are presented, starting with near-surface and subsurface temperature in Sect. 6.3, followed
by the evaluation of the specific surface area (SSA) in Sect. 6.4, SEB and albedo in Sect. 6.5 and SSMB
in Sect. 6.6, with a detailed discussion about snowmelt. The results are summarized and conclusions
are drawn in Sect. 6.7.

6.2 Methods and data

6.2.1 Regional climate model

In this study, we use the Regional Atmospheric Climate Model (RACMO2). The model couples the
atmospheric dynamics of the High Resolution Limited Area Model, version 5.0.3 (HIRLAM, Undén
et al. (2002)) with the atmospheric and surface physics of the European Center for Medium-Range
Weather Forecasts (ECMWF) Integrated Forecast System (IFS), cycle 33r1 (ECMWF, 2009) assum-
ing hydrostatic balance. The polar (p) version of RACMO2, developed at the Institute for Marine
and Atmospheric Research Utrecht (IMAU), is especially developed for glaciated regions by explicitly
modeling snow and ice processes in a dedicated glaciated tile. This tile also includes a more complete
ice-atmosphere interaction (Noël et al., 2015).

Dry snow metamorphism in RACMO2 is calculated using the parameterization of Flanner and Zender
(2006), which considers the impact of temperature, temperature gradient with depth, layer density and
initial grain size distribution. This parameterization uses three regimes based on the initial SSA follow-
ing observations of Legagneux et al. (2004): 1) for an SSA of 60 m2 kg−2 or lower, 2) 60-80 m2 kg−2

and 3) 80-100 m2 kg−2. Snow metamorphism is fastest for the first regime and slowest for the last. In
RACMO2, we assume a fresh snow SSA of 60 m2 kg−2, hence using the first regime, but this will be
changed in a sensitivity experiment. This parameterization has been previously tuned specifically for
the Greenland ice sheet.

The latest version of RACMO2, Rp3, includes several updates. The snow albedo scheme of Gardner and
Sharp (2010) is replaced by the Two-streAm Radiative TransfEr in Snow model (TARTES, Libois et al.
(2013)). TARTES solves the radiative transfer equation (Jiménez-Aquino and Varela, 2005) by using
the Delta-Eddington approximation and geometric-optics Approximate Asymptotic Radiative Transfer
(AART) theory (Kokhanovsky, 2004) and provides absorption for each snow layer and spectral albedo
for any wavelength between 199 and 3003 nm for both direct and diffuse radiation. It has been coupled
to RACMO2 with the Spectral-to-NarrOWBand ALbedo (SNOWBAL) module version 1.2 (Van Dalum
et al., 2019). SNOWBAL has been developed to couple the spectral albedos and absorption profiles
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of TARTES to the 14 narrowbands of the IFS physics scheme in RACMO2 by including albedo and
irradiance sub-band variations. The albedo of bands 13 and 14 is almost zero (Gardner and Sharp,
2010), and all radiation in these bands is assumed to be absorbed at the surface. The absorption profiles
of TARTES coupled with SNOWBAL now also allows subsurface heating and subsurface melting.
Furthermore, a new bare ice albedo scheme has been developed using TARTES and SNOWBAL, which
is less relevant for the AIS and is discussed in more detail by Van Dalum et al. (2020a).

To properly account for subsurface heating, we have to consider that heat can still reach the surface
within a model time step up to the maximum skin layer equilibration depth (SLED). Between the sur-
face and the SLED, the fraction of shortwave radiation absorbed that attributes to the surface energy
balance (SEB) decreases linearly from 1 to 0. The remaining energy contributes to subsurface heating.
Beyond the SLED, all absorbed energy leads to subsurface heating (Van Dalum et al., 2020b).

The multilayer firn module of RACMO2 has also been updated. Numerical diffusion is reduced by
a new merging routine that limits the mixing of layers with distinct characteristics. Furthermore, the
vertical resolution in snow is increased. Rp3 now typically has 50 to 60 layers, with a maximum of 100.
Model output, however, is limited to the upper 20 layers. The impact of the aforementioned model
updates for the Greenland ice sheet has been investigated extensively by comparing with in situ and
remote sensing measurements (Van Dalum et al., 2020a,b), which shows improvements compared to
the previous RACMO2 version, Rp2.

6.2.2 Surface mass balance and energy budget

The surface mass balance (SMB) represents the net mass gain or loss integrated spatially over a glaciated
surface. The local (in situ) SMB is referred to as the specific SMB, or SSMB. Some surface processes
contribute to mass gain, i.e., snowfall (SN) or rain (RA), and others contribute to mass loss, i.e., subli-
mation (SU), drifting snow erosion (ER) and runoff (RU). RU includes all liquid water not retained or
refrozen in the snowpack. In RACMO2, we adopt the following definition, in kg m−2 or mm w.e. yr−1:

SSMB = SN+RA−SU−ER−RU. (6.1)

As internal accumulation is included, formally this definition of the SSMB represents the climatic mass
balance (Cogley et al., 2011).

Melt energy (M) is modeled in RACMO2 as the residual energy flux of the SEB of a melting snow or
ice surface, with all fluxes in W m−2 and defined positive when directed to the surface:

M = LWd +LWu +SWd +SWu +SHF+LHF+Gs, (6.2)

with SWd, SWu, LWd and LWu the downward and upward shortwave and longwave radiative fluxes,
LHF and SHF the turbulent latent and sensible heat fluxes and Gs the subsurface conductive heat flux.
In Rp3, some shortwave radiation is allowed to penetrate through the surface, heating layers below.
Melt is only modeled when the snow layer temperature is at the melting point. Percolation of meltwater
is modeled using the tipping-bucket method (Coléou and Lesaffre, 1998), where layers are filled with
water until the irreducible water content is reached. Any excessive water then percolates to the next
unsaturated layer where it can refreeze, run off or be retained by capillary forces.



110 6. Sensitivity of Antarctic surface climate and melt

Table 6.1: Summary of the RACMO2 sensitivity experiments. No skin layer equilibration depth (SLED)
is defined in Rp2.

Experiment
Fresh snow
SSA
(m2 kg−1)

Snow
metam.
factor

RF grain
size (mm)

SLED (mm)

Rp2 60 1 1 -
GRL 60 1 1 5
FSG 100 1 1 5
FSM 100 0.25 1 5
RFG 100 0.25 0.25 5
CON 100 0.25 0.25 10

6.2.3 RACMO2 experiments

We perform five sensitivity experiments with Rp3 and compare to Rp2. All runs are performed on
a 27 km grid covering the full AIS with a six minute time step. Radiation and albedo, however, are
only calculated on a full-radiation time step, which is every hour. At the boundaries, RACMO2 is
forced with 3-hourly ERA5 data (Hersbach et al., 2020). The boundary files include humidity, pressure,
temperature and wind speed and direction for each of the 40 atmospheric model layers. The snowpack is
initialized by a firn-densification model (IMAU-FDM Ligtenberg et al. (2018)). IMAU-FDM provides
the snow grain size, water concentration, temperature, layer thickness and snow and ice density for all
active layers. No impurities are prescribed in the snowpack, as the impurity concentration of the AIS is
typically negligible (Warren and Clarke, 1990; Doherty et al., 2010; Dang et al., 2015).

Table 6.1 summarizes the sensitivity experiments. Rp2 uses the same settings as the Greenland settings
in Rp3 (GRL), i.e., a fresh snow SSA of 60 m2 kg−1, no snow metamorphism tuning and a refreezing
grain size of 1 mm. In GRL, we define a SLED of 5 mm after scale analysis (Van Dalum et al.,
2020b). In Rp2, the SLED is not defined, as no radiation penetration occurs and all shortwave radiation
contributes to the SEB.

Four more experiments are performed using Rp3, changing one parameter in each experiment. In the
fresh snow grain size (FSG) experiment, the fresh snow SSA is increased from 60 to 100 m2 kg−1,
reducing the effective grain radius (r) from 55 µm to 37 µm. An SSA of 100 m2 kg−1 better matches
observations of fresh snow at Dome C (Libois et al., 2015). Furthermore, this changes the dry snow
metamorphism of the paramterization of Flanner and Zender (2006) from the fastest to the slowest
regime, reducing snow growth by an order of magnitude (Fig. 6.1). This parameterization, however, is
not optimized for Antarctic conditions. Therefore, we reduce dry snow metamorphism even more by
introducing a tuning factor (FSM). This factor is set to 0.25, hence reducing grain growth by 75%. As
grain size significantly impacts the albedo (Gardner and Sharp, 2010; He and Flanner, 2020), slower
snow metamorphism reduces shortwave radiation absorption in the snowpack, hence snow temperatures
are expected to decrease. We also reduce the grain size of refrozen snow from 1 to 0.25 mm (RFG),
fitting better with Antarctic observations (Domine et al., 2007), which is expected to further reduce
snowmelt. The final experiment is the control run (CON), where the SLED is increased to 10 mm
following the scale analysis of Van Dalum et al. (2020b) with a model time step of 6 minutes. A larger
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Figure 6.1: Dry snow grain growth as a function of grain radius (r) and specific surface area (SSA)
for the Rp3 experiments GRL, FSG and FSM.

SLED reduces energy available for subsurface heating, further lowering the snowpack temperature.
Running these experiments is computationally demanding, hence only Rp2, GRL and CON are run
for the full time period: 1979-2018. FSG, FSM and RFG are run for 1979-1990. Spin-up is between
1979-1984 for all experiments.

6.2.4 Observational data

In this study, we use several observational data sets to evaluate the SSMB and SEB components, snow
and 2-m air temperature, 10-m wind speed and SSA. Here, we provide a brief overview of the observa-
tional data sets.

SSMB

Modeled SSMB is compared with 1870 SSMB measurements including isolated observations and tra-
verses on the EAIS (Fig. 6.2b). Favier et al. (2013) describe this data set in more detail. In addition,
melt fluxes are compared with the output of the surface energy balance model (EBM) of Jakobs et al.
(2019). This model is tuned with high-quality meteorological and radiation observations to specifically
produce a meltwater estimate for Neumayer station (Fig. 6.2b).

Automatic weather stations

The SEB components, 10-m wind speed and 2-m temperature are evaluated using automatic weather
station (AWS) data of nine stations, most of them located in DML (Fig. 6.2b). Some are located on
an ice shelf (4, 11) or close to the ice-sheet margin (5, 16) and others are more in-land, hence covering
several climatic regimes. All data are monthly averaged. Van Wessem et al. (2018) provide a more
detailed overview of the AWS specifications.
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Figure 6.2: Mean yearly averaged 2-m temperature (T2m) difference with Rp2 for (a) GRL and
(b) CON for 1985-2018, with positive values indicating a temperature increase with respect to Rp2.
SSMB measurement locations are shown in black, AWS in red, Neumayer in green and Dome C in
purple.

QuikSCAT melt fluxes

The time series of the satellite radar backscatter from the SeaWinds scatterometer aboard QuikSCAT
(QSCAT) is used to produce a seasonal meltwater product covering the entire AIS (Trusel et al., 2013).
This melt product uses an empirical relation between the satellite product and in situ observations.
The QSCAT melt product is provided on a 4.45 km resolution grid, but is converted to the RACMO2
grid. Here, we use QSCAT to evaluate the modeled ice sheet wide surface meltwater fluxes between
2000-2009.

Subsurface snow temperature

Temperature probes measured hourly snow temperatures at various depth at Dome C during Decem-
ber 2006 (Fig. 6.2b) (Brucker et al., 2011). Probes are positioned down to 21 m depth, but we limit the
evaluation to the upper 2 m. Temperatures are measured every 10 cm starting between 10 and 60 cm
depth, and every 20 cm between 80 and 200 cm. We compare the snow temperature of Rp3 to this
data set.

AMSU

The SSA of the top 7 cm at Dome C is estimated by the Advanced Microwave Sounding Unit (AMSU)
satellite. AMSU uses high-frequency microwaves (150 GHz) to observe snow grain sizes. More details
about AMSU are discussed by Libois et al. (2015). Here, we use the SSA product obtained between
2001 and 2011 for comparison to Rp3.
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Table 6.2: Statistics of the monthly averaged downward and upward longwave and shortwave fluxes
(LWd, LWd, SWd, SWu, respectively), sensible heat flux (SHF), latent heat flux (LHF), 2-m temper-
ature (T2m), 10-m wind speed (V10m) and albedo using AWS data of DML between 1997 and 2012.
We use the ratio of the monthly sum of SWu and SWd to determine the albedo for 648 observations.
For all other variables, 810 observations are available. The determination coefficient (R2), bias and
root-mean-square error (RMSE) are shown for Rp2, GRL and CON.

Rp2 GRL CON
Variable Unit R2 bias RMSE R2 bias RMSE R2 bias RMSE
LWd W m−2 0.94 -8.8 14.0 0.93 -6.6 13.0 0.94 -9.0 14.0
LWu W m−2 0.98 4.4 9.3 0.97 -0.2 8.0 0.98 4.5 9.1
SWd W m−2 0.99 3.7 14.9 0.99 4.5 15.5 0.99 6.4 16.1
SWu W m−2 0.99 -5.9 13.2 0.99 -2.2 11.1 0.99 -8.8 15.6
SHF W m−2 0.80 6.0 8.4 0.79 4.5 7.5 0.81 6.1 8.4
LHF W m−2 0.58 0.5 2.3 0.69 -0.2 2.0 0.54 0.6 2.4
T2m

◦C 0.98 -0.2 2.1 0.98 0.7 2.4 0.98 -0.3 2.1
V10m m s−1 0.32 -1.6 2.3 0.33 -1.7 2.4 0.33 -1.5 2.3
Albedo - 0.12 0.021 0.05 0.11 -0.007 0.04 0.15 0.025 0.05

6.3 Temperature

Table 6.2 shows that the 2-m temperature (T2m) in Rp2 is well modeled, with a small bias of -0.2◦C
and a root-mean-square error (RMSE) of 2.1◦C. We therefore use T2m from Rp2 as a benchmark.

Figure 6.2 shows the T2m difference for GRL and CON with Rp2. Considerably higher temperatures
are simulated in GRL than in Rp2, especially during summer (not shown). This is caused by several
processes. The new radiative transfer scheme results in a lower albedo, which will be discussed in
more detail in Sect. 6.5. As a result of radiation penetration, subsurface heating significantly warms the
snowpack, which will be discussed in more detail in Sect. 6.3.1. As a result, the snow metamorphism
scheme of Flanner and Zender (2006) now has a stronger impact on radiation absorption than in Rp2.
Therefore, any inaccuracies in the modeled snow grains are amplified in Rp3.

The temperature in CON (Fig. 6.2b) is on average 0.1 to 0.3 ◦C lower than Rp2. In summer (not
shown), the signal of Fig. 6.2 is amplified, with temperatures up to 2 ◦C colder or warmer in CON, and
up to 4 ◦C warmer in GRL. This illustrates that T2m in RACMO2 for the AIS is very sensitive to the
implemented changes.

To investigate this further, we show the T2m difference with Rp2 for all sensitivity experiments (Fig. 6.3).
All implemented changes lower the temperature, although some steps have a larger impact. A signif-
icant lowering of the temperature occurs due to the increase of the fresh snow SSA to 100 m2 kg−1

(Fig. 6.3b). This impacts the majority of the AIS, as most of it is covered by fresh snow. A higher
SSA increases the albedo, hence less radiation is absorbed in the snowpack and less energy is available
to heat the near-surface air. Furthermore, radiation penetrates only a few millimeters to centimeters in
fresh snow (Warren, 2019), reducing subsurface heating, lowering the near surface snow temperature.
We also use a slower fresh snow metamorphism regime in FSG (Sect. 6.2.1, Fig. 6.1), and grains with
a high SSA consequently remain at the surface for longer.
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Figure 6.3: Mean yearly averaged 2-m temperature (T2m) difference with Rp2 for (a) GRL, (b) FSG,
(c) FSM, (d) RFG and (e) CON for 1985-1990.

The strongest temperature lowering occurs when we further reduce the fresh snow metamorphism
by implementing a tuning parameter (Fig. 6.3c). As Fig. 6.1 illustrates, this reduces in particular
the snow metamorphism for small grains, i.e., up to 100 times slower metamorphism in FSM than
FSG, but its effect is limited for coarser grains. Between snow deposition events, this retains a high
SSA (>50 m2 kg−1) for the surface layers for much longer, reducing T2m considerably. The transition
from Fig. 6.3a to Fig. 6.3c shows how sensitive RACMO2 is to grain size, illustrating the importance
of an accurate snow metamorphism scheme.

Higher temperatures are relatively persistent on some of the ice shelves (Fig. 6.3c), especially in DML.
These regions are characterized by snowmelt in summer that refreezes in the snowpack. As meltwater
refreezes, it increases snow grain size, resulting in more solar radiation absorption and therefore higher
temperatures. Reducing the refreezing snow grain size consequently reduces the temperature difference
on relatively dry locations with snowmelt (Fig. 6.3d). Increasing SLED further reduces subsurface
heating, decreasing the remaining positive difference (Fig. 6.3e).
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Figure 6.4: Subsurface snow temperature profile for Dome C for the 20 upper snow layers of Rp2, GRL
and CON and observations (Obs.) for (a) 5 January 2007, (b) 17 January 2007 and (c) 5 April 2007,
all measured at 06:00 UTC (14:00 LT).

6.3.1 Snow temperature

An important addition in Rp3 is subsurface penetration of shortwave radiation, which allows subsurface
absorption and heating of the snowpack. For Greenland, Van Dalum et al. (2020b) show that Rp3 as a
result predicts higher subsurface snow temperatures that match well with observations at Summit. In
the ablation zone, the melting point is reached to a greater depth than in Rp2, enabling subsurface melt.
Here, we show that the snow temperatures at Dome C (Fig. 6.4) match better with observations (Brucker
et al., 2011) in CON than in Rp2 and GRL. During summer (Fig. 6.4a and b), we observe that Rp2 is
somewhat too cold compared to measurements. Results improve in CON, showing the significance of
subsurface heating. Figure 6.4a and b also show that in GRL, i.e., without tuning, the snow temperatures
are significantly overestimated by up to 10 ◦C. During autumn (Fig. 6.4c), temperature profiles of Rp2
and CON, and to a lesser extent GRL, are more similar, as the impact of radiation penetration diminishes
towards winter. Compared to observations, however, temperatures in autumn are too high.

6.4 Specific surface area

In the previous section, we illustrated the importance of SSA for the temperature of the AIS. Compared
to AMSU observations and the snowpack model Crocus at Dome C (Fig. 6.5b, Libois et al. (2015)),
the SSA of the upper seven centimeters in CON follows the yearly cycle well (Fig. 6.5). The SSA
drops gradually over time during summer to values between 20 and 30 m2 kg−1, in agreement with
measurements. In GRL (not shown), the SSA is too low as it drops below 10 m2 kg−1. During winter,
the SSA in CON drops too quickly for most years, showing that dry snow metamorphism is still too
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Figure 6.5: Time series of average SSA for Dome C of the upper seven centimeters of (a) the snowpack
in CON and (b) as observed by AMSU and modeled by the snowpack model Crocus (Figure 6 from
Libois et al. (2015)).

fast despite tuning. The large interannual variability of winter SSA observed by AMSU is also not
captured properly by CON. Note that the average SSA of the upper seven centimeters never reaches the
prescribed fresh snow SSA of 100 m2 kg−1, as snowfall at this polar desert site virtually never exceeds
seven centimeters during a single event (Picard et al., 2019).

6.5 Surface energy balance and albedo

6.5.1 Longwave radiation

Table 6.2 shows the statistics of SEB components compared to AWS observations from DML in Rp2,
GRL and CON. All fluxes toward the surface are defined positive. The differences between Rp2 and
CON are generally small and both correlate well with observations. LWd and LWu in Rp2 and CON are
often similar to observations, but are underestimated somewhat for warm conditions. This suggests that
clouds are not always modeled properly and that there is still room for improvements in the cloud pa-
rameterization. The bias for both LWd and LWu is considerably lower in GRL, where it is compensated
by higher surface temperatures, clearly an effect of compensating errors.
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Figure 6.6: Monthly averaged albedo in DML in (a) CON (blue) and GRL (red) and (b) CON (blue)
and Rp2 (red) compared to AWS measurements between 1997 and 2012. The black lines are the 1-on-1
lines and the red and blue lines are linear regression of the data, with N the number of observations, b0
and b1 the slope and intercept, R2 the determination coefficient, the bias and root-mean-square error
(RMSE).

6.5.2 Shortwave radiation and albedo

No parameters that directly impact SWd have been changed, hence the differences between models is
small and all compare well with measurements. SWu is underestimated in Rp2 and even more so in
CON, despite its new radiative transfer and snow albedo scheme. In GRL, however, the bias is signif-
icantly smaller as less upward radiation is modeled, especially during summer. The albedo therefore
shows a similar signal (Fig. 6.6), with a bias of only -0.007 in GRL. Figure 6.6a also illustrates that
the spread in data points in GRL is similar to CON but with a lower average. Moreover, an albedo
lower than 0.8 is sometimes modeled in GRL and shown by the observations, while absent in Rp2 and
CON. Yearly averaged, the albedo of CON is relatively homogeneous over the AIS (Fig. 6.7a) with
a high albedo (> 0.8) almost everywhere due to the abundance of fresh snow. Compared to Rp2, the
differences are generally small, in agreement with Table 6.2, with somewhat higher albedos in West
Antarctica (Fig. 6.7c). In GRL, the albedo is considerably lower than Rp2 (Fig. 6.7b). This illustrates
the importance of snow properties for the radiative transfer scheme in Rp3. The largest differences in
both GRL and CON are observed for the Amery ice shelf, where bare ice can be found at the surface
during summer. The transition from snow to bare ice reduces the albedo, so more snow-free days lower
the mean albedo. Furthermore, radiation can penetrate through thin snow layers reaching ice, lowering
the albedo. Note that the albedo in Rp2 is fixed for bare ice, while TARTES and SNOWBAL are called
in Rp3, allowing a variable albedo depending on atmospheric conditions (Van Dalum et al., 2020a).
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Figure 6.7: (a) Mean yearly averaged albedo in CON and albedo difference with Rp2 in (b) GRL and
(c) CON for 1985-2018.

6.5.3 Turbulent fluxes

On average, the SHF is overestimated in RACMO2, despite an underestimation of the wind speed (V10m,
Table 6.2). Considerably less turbulence is modeled in GRL. As modeled T2m in GRL is on average
higher than in Rp2 and CON while SHF is lower, this suggests that the temperature of lower atmo-
spheric layers is overestimated or the surface roughness for heat is underestimated. For a stable surface
layer, an increased surface temperature reduces the temperature difference between surface and atmo-
sphere, reducing turbulent heat exchange. Similarly, a rougher surface increases turbulence. GRL also
predicts the LHF better than Rp2 and CON. Especially during summer, the higher temperatures in GRL
lead to a larger negative LHF. The turbulent fluxes can therefore be further improved upon.

In conclusion, the bias and RMSE of the SEB components and albedo are generally lower in GRL than
in Rp2 and CON. This illustrates that by tuning Rp3 to better match (subsurface) temperatures and SSA,
potential improvements of the SEB components are lost by compensating errors, showing that there is
still need for improvements in the representation of the near-surface climate in RACMO2.

6.6 Surface mass balance

Figure 6.8 shows the mean yearly accumulated SMB, snowmelt, precipitation and sublimation differ-
ence with Rp2 in CON and GRL. In CON (lower row of Fig. 6.8), the SMB differences are generally
small, with somewhat larger differences for the West Antarctic ice sheet (WAIS) and the AP. Compared
to 1870 SSMB observations in the EAIS, the difference between CON and GRL is small and both agree
well with measurements, with a bias of 15.0 and 15.6 mm w.e. yr−1, respectively. For most areas,
the SMB difference is driven by precipitation and sublimation changes. Snowmelt has increased on the
Wilkins, George VI and northern part of the Larsen C ice shelf in the AP and the Amery ice shelf in East
Antarctica, demonstrating that the impact of the new physics of Rp3 is largest for warmer conditions
where melt is already significant, in agreement with Van Dalum et al. (2020a,b). Runoff, however, re-
mains limited (not shown) and almost all meltwater is buffered in the snowpack where it refreezes. Only
at the southern part of the Amery ice shelf is the retention capacity now exceeded and runoff modeled,
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Figure 6.8: Yearly accumulated SMB, snowmelt (M), precipitation (PR) and sublimation (SU) dif-
ference with Rp2 for GRL ((a)-(d), respectively) and CON ((e)-(h), respectively) for 1985-2018, with
positive values showing an increase with respect to Rp2. Runoff and drifting snow erosion are not
shown.

hence lowering the SMB. The margins of DML show considerable year-to-year and spatial snowmelt
variability. This demonstrates the high sensitivity of the implemented changes for this region, as the
snowpack is close to the melting point in summer and additional energy absorption therefore leads to a
stronger meltwater flux.

In GRL (upper row of Fig. 6.8), a strong SMB decrease is modeled for ice shelves in the AP, DML
and Amery ice shelf. More inland, the SMB increases somewhat, which is mainly caused by an ice
sheet wide precipitation increase. It is, however, partially compensated by more sublimation. As the
precipitation parameterization has not been changed, this excess precipitation must be formed locally.
Snowmelt has increased strongly around the margins of the entire AIS and all ice shelves. This changes
the snow structure and leads to extensive runoff on the Amery, Larsen C, Wilkins, George VI and several
smaller ice shelves in DML, where the snowpack is close to saturation in summer.

6.6.1 Snowmelt

We compare the modeled snowmelt with QSCAT data (Sect. 6.2.4). QSCAT suggests that virtually no
melt occurs on the majority of the AIS (Fig. 6.9) and that there are only small melt fluxes around the
margins of East and West Antarctica. More melt is observed in the AP, especially on the ice shelves,
but still one or two orders of magnitude smaller than observed in the ablation zone of west Greenland
(Van den Broeke et al., 2016).

Compared to QSCAT, Rp2 (Fig. 6.9b) and CON (Fig. 6.9d) perform generally well, with small dif-
ferences around the margins of the WAIS and EAIS. In the AP, Rp2 and CON predict more snowmelt
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Figure 6.9: (a) Mean yearly averaged snowmelt in mm w.e. yr−1 measured by QSCAT, snowmelt
difference with QSCAT for (b) Rp2, (c) GRL and (d) CON for 2000-2009. For (b)-(d), positive values
indicate a snowmelt increase with respect to QSCAT.

in the northern part of Larsen C, while melt is underestimated in the southern part. Furthermore, the
snowmelt in the western AP appears underestimated. For the Wilkins and George VI ice shelves, how-
ever, CON models higher melt fluxes compared to QSCAT, similar to Fig. 6.8e. The snowmelt in GRL
(Fig. 6.9c) is overestimated by more than an order of magnitude for almost all regions close to the ice-
sheet margin. Furthermore, GRL models a relatively large melt flux for the Ross and Filchner-Ronne
ice shelves, where QSCAT observes virtually no melt.
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Figure 6.10: Domain-integrated yearly averaged snowmelt for the AIS in Gt yr−1 measured by QSCAT
and modeled in Rp2, GRL and CON.
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Figure 6.11: Cumulative melt in mm w.e. at Neumayer calculated by the energy balance model (EBM)
of Jakobs et al. (2019) and Rp2, GRL and CON.

Integrating snowmelt over the AIS shows a similar pattern (Fig. 6.10), with melt in GRL almost an
order of magnitude larger than QSCAT in every year. This shows the impact of internal heating and
melt-albedo feedback, as these processes significantly enhance snowmelt, similar to findings of Jakobs
et al. (2019). CON and Rp2 correlate better with QSCAT. The interannual variability correlates well for
all experiments.

Figure 6.11 shows the cumulative melt at Neumayer station as calculated by the EBM of Jakobs et al.
(2019), which is forced by meteorological data, and Rp2, GRL and CON. Also for this location, GRL
predicts excessively high snowmelt. This figure confirms that GRL significantly overestimates melt
and that tuning is necessary. CON initially underestimates the snowmelt, which is compensated by
increased meltwater production in the warm years of 2004, 2010 and 2014, ending closer to the observed
cumulative melt than Rp2.
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Figure 6.12: Mean yearly accumulated snowmelt difference with Rp2 in mm w.e. yr−1 for (a) GRL,
(b) FSG, (c) FSM, (d) RFG and (e) CON for 1985-1990. Positive values show a snowmelt increase with
respect to to Rp2.

Finally, we investigate what causes the strongly overestimated snowmelt in GRL. Fig. 6.12 shows the
snowmelt difference with Rp2 for all sensitivity experiments. By increasing the fresh SSA (Fig 6.12b)
and reducing snow metamorphism (Fig 6.12c), less radiation is absorbed, lowering melt for most re-
gions, in particular for the Ross and Filchner-Ronne ice shelves. These ice shelves are covered by fresh
snow for most of the year and are therefore especially sensitive to changes in the fresh snow parameter-
ization. The change to the fresh snow SSA and metamorphism delays the onset of the melt season, but
its impact diminishes as the melt season progresses. Unsurprisingly, the strongest snowmelt reduction
occurs by lowering the refreezing grain size (Fig 6.12d), which leads to less energy absorption in areas
with refreezing. Melt is further reduced by increasing SLED. A larger SLED results in less shortwave
radiation absorbed in the subsurface, resulting in lower subsurface snow temperatures. Therefore, more
energy is required to warm the snowpack before melt can occur in subsurface layers, leading to less
melt in total.

In conclusion, snowmelt of the AIS is somewhat sensitive to fresh snow SSA and dry snow meta-
morphism and is highly sensitive to the refreezing grain size and SLED. Hence, subsurface heating can
warm the snowpack considerably, enhancing snowmelt. Despite the low average melt flux in Antarctica,
the impact of subsurface heating should not be neglected.



6.7. Summary and conclusions 123

6.7 Summary and conclusions

In this study, we investigated the impact of a new radiative transfer and snow and ice albedo scheme
in the latest version of RACMO2 on the near-surface temperature, subsurface snow temperature, SMB,
SEB, albedo and snowmelt of the AIS. We tuned Rp3 by changing one parameter at a time, allowing us
to investigate the sensitivity of the AIS to each change.

We have run Rp3 for the entire AIS on a 27 km grid forced at the boundaries by 3-hourly ERA5 data.
Three experiments are run for the full period (1979-2018): Rp2, Rp3 with Greenland (GRL) settings
and the Rp3 control run (CON) that includes all tuning. The temperature, SEB, SMB, albedo and
snowmelt output of these runs are compared to in situ and remote sensing observations. Furthermore,
GRL and CON are compared to the previous model version Rp2. The other sensitivity experiments are
run for 1979-1990 and include increasing the fresh snow SSA (FSG), reducing the dry snow metamor-
phism (FSM) and lowering the refreezing grain size (RFG).

Compared to Rp2 and observations, the 2-m temperature in GRL is considerably higher. The subsurface
snow temperature of GRL is also significantly overestimated compared to measurements. In CON,
however, it matches very well, improving on Rp2, showing the added value of subsurface heating to the
model performance.

Despite GRL’s poor performance for temperature, the SEB components and albedo match better with
observations than Rp2 and CON. The potential performance gain in CON is lost by compensating
errors, leaving room for further improvements. The higher (subsurface) temperatures in GRL lead to
excessive snowmelt around the margins and on the ice shelves, locally leading to runoff and a reduced
SMB. Integrated over the AIS, snowmelt in GRL is one order of magnitude larger than observed by
QSCAT and also considerably larger than measured at Neumayer station. In contrast, CON and Rp2
compare well with observations. The snowmelt is reduced by all sensitivity experiments, but especially
in RFG and CON, showing the sensitivity of the AIS to the refreezing grain size and SLED. It is clear
that GRL does not produce realistic meltwater fluxes and that the standard Greenland settings of Rp3
should not be used for the AIS. This is unfortunate, as model settings should preferably not depend on
location and/or tuning to local conditions, and shows that more research into this problem is needed.

In conclusion, introducing a more physically based albedo scheme in RACMO2 that allows for radiation
penetration and subsurface heating improves, after tuning, subsurface snow temperatures. Snowmelt
in particular is sensitive to the refreezing grain size and the SLED, as both alter shortwave radiation
penetration. Perhaps the most important result of this study is that we have shown that snow conditions
significantly impact the climate and SMB of the AIS.





7
A brief outlook

7.1 Main results from this thesis

The absorption of solar radiation is an important component of the energy balance of snow-covered
regions. Regional climate models (RCMs) often lack radiative transfer schemes to properly capture the
strong wavelength dependence of snow albedo. Implementing a spectral radiative transfer and albedo
scheme such as TARTES directly is often not feasible, as RCMs are commonly limited to a narrowband
radiation scheme. We developed the new spectral-to-narrowband albedo coupling scheme SNOWBAL,
introduced in Chapter 3, and use it to couple TARTES with the RCM RACMO2. SNOWBAL uses
representative wavelengths for each narrowband to incorporate sub-band irradiance and albedo varia-
tions. For clear-sky conditions, these representative wavelengths depend on the vertically integrated
mass of water vapour for direct irradiance and solar zenith angle for both direct and diffuse irradiance.
For overcast conditions, they depend on the liquid water and ice water path. Hence, TARTES coupled
with SNOWBAL explicitly accounts for the effect of wavelength, clouds, water vapour, impurities and
snow properties on the albedo. An offline comparison with the broadband albedo scheme of Gardner
and Sharp (2010) and Kuipers Munneke et al. (2011) shows that TARTES coupled with SNOWBAL
leads to improved albedo estimates.

In Chapter 4 we present a new RACMO2 version, RACMO2.3p3 (Rp3), where we replace the snow
and ice albedo scheme with TARTES coupled with SNOWBAL. We evaluated the snow and ice albedo
for the Greenland ice sheet (GrIS) by comparing with the broadband and narrowband MODIS satellite
albedo product, in situ observations and the previous RACMO2 version, RACMO2.3p2 (Rp2). The
Rp3 snow and ice albedo product compares well with MODIS, especially in the interior. Some dis-
crepancies are observed in the percolation zone and around the ice sheet margin, which are due to
low resolution, excessive snowfall events and uncertainty in the MODIS albedo product. Compared
to in situ observations of the Programme for Monitoring of the Greenland Ice Sheet (PROMICE) and
along the Kangerlussuaq transect (K-transect), the albedo shows good agreement. On average, a slightly
lower albedo is modeled compared to Rp2 due to spectral effects, enhanced snow metamorphism and
radiation penetration. Differences can be significantly larger, but are well understood and the albedo
estimates generally improve.

In Chapter 5 we continue the evaluation of Rp3 for the GrIS, but focus on the surface mass bal-
ance (SMB), surface energy balance (SEB) and (sub)surface snow temperatures. As radiation pene-
tration is now taken into account, we also developed a method to distribute the absorbed energy to the
skin layer and snow layers for each narrowband. Similar to the albedo, the SMB and SEB correlate
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well with observations of PROMICE and along the K-transect, and only show some discrepancies close
the the ice sheet margin and in the percolation zone. The absolute SMB differences with Rp2 are small
in the interior. Snowmelt and refreezing have changed more substantially for various regions. In the
percolation zone, increased pore space creation leads to more refreezing. At the ice sheet margins,
the removal of a model artefact in the bare ice albedo field increases the albedo, which leads to less
snowmelt and more refreezing in the southwestern ablation zone. Subsurface energy absorption in-
duces higher snow temperatures, making the snowpack more susceptible to subsurface melt, which is
in agreement with observations and is a major improvement compared to Rp2.

In Chapter 6, we evaluate Rp3 for the AIS and investigate the temperature and snowmelt sensitivity.
Interestingly, Rp3 with Greenland model settings compares well with SEB observations, but models
unrealistically high (subsurface) temperatures and snowmelt. To reduce these biases, we tuned Rp3 one
step at a time allowing us to assess the impact of each process. We show that the 2-m air temperature is
especially sensitive to snow conditions, while snowmelt is altered more by the refreezing grain size and
the skin layer equilibrium depth. The final tuned Rp3 version compares well with in situ and remote
sensing observations of 2-m temperature, SMB and snowmelt, but most importantly, the subsurface
temperature matches measurements better than Rp2. By tuning, however, we also introduce compen-
sating errors. Locally, more snowmelt is modeled in Rp3 in relatively warm areas such as the Amery
and Wilkins ice shelf, where subsurface heating is particularly important. Almost no runoff is modeled,
however, and thus the SMB remains similar to Rp2.

From a physical standpoint, a radiative transfer scheme for snow that considers the spectral nature of
albedo is essential for a correct representation of snow and ice surfaces in climate models. For instance,
as this research shows, radiation penetration leading to subsurface heating is vital for a correct snow
temperature profile and snowmelt. This becomes increasingly important when making future climate
projections, as surface darkening and radiation penetration become increasingly important in a warmer
climate.

7.2 Outlook and model improvements

Many critical challenges remain in cryospheric research. One such topic is marine ice sheet instability
(Joughin and Alley, 2011), which is particularly important for the West Antarctic ice sheet. Other
ongoing research focuses on the processes involved in ice-shelf instability (DeConto and Pollard, 2016;
Edwards et al., 2019). New studies also aim at improving observational methods and providing new
data sets that could be used to evaluate climate models, e.g., Van Tiggelen et al. (2020) improve methods
to measure the sensible heat flux of the GrIS. Challenges also remain in (regional) climate modeling of
the cryosphere, as we discuss below, with particular reference to RACMO2.

7.2.1 Bare ice albedo

In this study, we changed the bare ice albedo parameterization in RACMO2 such that TARTES could
be used. TARTES, however, uses approximate asymptotic radiative transfer theory based on geometric
optics theory, and is not optimized for bare ice, as that would require a model based on Mie-scattering
theory (Gardner and Sharp, 2010; He and Flanner, 2020). Furthermore, the concept of grain shape
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and radius is not applicable to bare ice, as it has a continuous molecular structure. Further refinements
include the representation of biological activity, especially algae growth in bare ice. Algae are known
to influence the albedo directly, by darkening the ice, and indirectly, by maintaining a liquid water film
(Tedstone et al., 2020). The growth of algae is difficult to model, however, as it depends on the timing of
bare ice exposure, i.e., availability of sufficient radiation for photosynthesis and meltwater (Williamson
et al., 2019). Furthermore, meltwater ponds and streams significantly alter the albedo locally (Pedersen
et al., 2009), but are also not explicitly modeled in RACMO2. The bare ice zone of the GrIS is expected
to expand in a warmer climate (Tedesco et al., 2016), making it ever more important to properly model
bare ice albedo.

7.2.2 Impurities

Although the impact of impurities on albedo is now explicitly modeled in RACMO2, the impurity con-
centration is still spatially and temporally prescribed for snow. Furthermore, only a soot concentration
is modeled, and is used to represent all other impurity types as well. Doherty et al. (2010) show that im-
purity concentrations vary considerably with depth for the GrIS, with a high concentration (10 ng g−1)
of soot located in layers formed during the beginning of the industrial revolution. A fixed impurity con-
centration also does not allow spatially variable deposition of impurities due to, for example, Canadian
forest fires. Representing other impurity types would require new parameterizations, as the grain radius
of dust, for example, is as large or larger than the wavelength of shortwave radiation, therefore requiring
a Mie-scattering based scheme (Dang et al., 2015).

7.2.3 Grain shape and snow metamorphism

Libois et al. (2013, 2014) show grain shape can considerably alter the snow albedo. TARTES allows the
grain shape to impact the albedo by tuning the absorption enhancement parameter, i.e., how absorption
is increased by multiple internal reflections in the snow grain compared to a straight trajectory through it,
and the asymmetry factor, i.e., the average of the cosine of the scattering angle. Unfortunately, however,
the current snow and firn module is not able to model any grain shape other than spheres. Furthermore,
in Chapter 6 we showed that snow metamorphism is too quick for cold and dry conditions typical for
the Antarctic interior, illustrating the need for an improved snow and firn densification module.

7.2.4 Tundra snow

In RACMO2, a grid point is split into various tiles to represent sub-grid variability. Each tile represents
a different surface type, with nine tiles in total. Parameterizations are applied to each tile separately,
allowing specialization for every tile. Currently, all parameterizations developed in RACMO2, includ-
ing the radiative transfer parameterization of TARTES and SNOWBAL, are only applied to the tile for
ice-covered regions, and not to e.g., tundra snow or any other seasonally snow-covered surface. Further-
more, no fractional tiles are currently allowed for glaciated grid points, making it either fully glaciated
or completely ice free. Applying the parameterizations to other snow-covered areas and introducing
fractional tiles for glaciated grid points could further improve the model performance.
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7.2.5 ECMWF physics

Some of the ECMWF physics descriptions implemented in RACMO2 are outdated, as it is from cy-
cle 33r1 released in June 2008, while the current operational version of the ECMWF IFS is 47r1 (2020).
Some of these changes are particularly important for polar climate modeling, like the updates to the
cloud scheme. As is discussed in Chapter 3, changing the liquid water and ice water path of a cloud
could significantly alter the albedo. Moreover, a new cloud scheme could potentially improve the pre-
cipitation patterns (Van Wessem et al., 2018). In future work, we will update RACMO2 to version 2.4,
including new ECMWF physics while also solving some of the previously mentioned issues.

7.2.6 Future scenarios

Running RACMO2 with GCM or Earth system model output at its boundaries allows it to make future
climate projections. Several processes that are specifically important for projections of a warmer climate
can be further improved upon. For example, RACMO2 currently uses a fixed ice mask and topography.
This works well for the current climate, but might become a limiting factor for projections beyond 2100
(Vizcaino et al., 2015). Furthermore, a better bare ice albedo and impurities product becomes more
relevant for a warmer climate when the ablation zone expands and the ice sheet darkens.

7.3 Final remarks

Despite some shortcomings, RACMO2 is still a robust model for cryospheric research. The data it
produces are used to investigate glaciated regions by many researchers around the world. By adding
new physics parameterizations, we hope to serve the scientific community by improving the quality of
RACMO2 output. We encourage others to use the updated RACMO2 version or implement the param-
eterizations discussed in this thesis, and look forward to see it applied to a broad field of cryospheric
research.
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