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Abstract

A study of upper Paleocene–lower Eocene (P–E) sediments deposited on the Lomonosov Ridge in the central Arctic Ocean
reveals relatively high abundances of terrestrial biomarkers. These include dehydroabietane and simonellite derived from conifers
(gymnosperms) and a tetra-aromatic triterpenoid derived from angiosperms. The relative percentage of the angiosperm biomarker
of the summed angiosperm+conifer biomarkers was increased at the end of the Paleocene–Eocene thermal maximum (PETM),
different when observed with pollen counts which showed a relative decrease in angiosperm pollen. Stable carbon isotopic analysis
of these biomarkers shows that the negative carbon isotope excursion (CIE) during the PETM amounts to 3‰ for both conifer
biomarkers, dehydroabietane and simonellite, comparable to the magnitude of the CIE inferred from marine carbonates, but
significantly lower than the 4.5‰ of the terrestrial C29 n-alkane [M. Pagani, N. Pedentchouk, M. Huber, A. Sluijs, S. Schouten, H.
Brinkhuis, J.S. Sinninghe Damsté, G.R. Dickens, and the IODP Expedition 302 Expedition Scientists (2006), Arctic's hydrology
during global warming at the Paleocene–Eocene thermal maximum. Nature, 442, 671–675.], which is a compound sourced by both
conifers and angiosperms. Conspicuously, the angiosperm-sourced aromatic triterpane shows a much larger CIE of 6‰ and
suggests that angiosperms increased in their carbon isotopic fractionation during the PETM. Our results thus indicate that the 4.5‰
C29 n-alkane CIE reported previously represents the average CIE of conifers and angiosperms at this site and suggest that the large
and variable CIE observed in terrestrial records may be partly explained by the variable contributions of conifers and angiosperms.
The differential response in isotopic fractionation of angiosperms and conifers points to different physiological responses of these
vegetation types to the rise in temperature, humidity, and greenhouse gases during the PETM.
© 2007 Elsevier B.V. All rights reserved.
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1. Introduction

The Paleocene–Eocene thermal maximum (PETM)
is characterized by large global climatic changes. Proxy
analysis suggests that global surface temperatures rose
quasi-uniformly by ∼5 °C at all latitudes [1–3], and
locally by up to 8 °C [4–6], and that bottom water
temperatures rose by as much as 5 °C [7]. Associated
substantial changes included severe dissolution of deep
sea carbonates [8], global proliferation of exotic plank-
ton, such as the subtropical dinoflagellate Apectodinium
(e.g [9–11]) and extinctions of benthic foraminifera
[12]. On land, a strong increase in humidity was inferred
in the Central United States of America [13] and the
Arctic realm [14]. In addition, transient changes in
vegetation composition were documented [2]. The large
scale warming of the Earth also led to wide-spread
mammal migration and perhaps evolution [15,16,11].

The Paleocene–Eocene boundary is further character-
ized by a global geologically rapid prominent (N2.5‰)
negative stable Carbon Isotope Excursion (CIE), mea-
sured in marine and terrestrial sedimentary carbon
[4,17,5,14] which reflects a substantial and rapid input
of 13C-depleted CO2 and/or CH4 into the ocean–
atmosphere system. Potential processes that could have
led to such rapid release of 13C-depleted carbon include
intrusion-forced injection of thermogenic methane [18],
the dissociation of submarine methane-hydrates [19],
large scale combustion of peat deposits [20] or desiccation
of isolated marine sea ways leading to large scale
oxidation of organic matter [21].

Because the mixing time of carbon within the global
exogenic carbon pool is in the order of one to a few kyr,
the magnitude of the CIE should in theory be equal in
the atmosphere and in the ocean. The deep ocean
comprises the largest reservoir of inorganic carbon and
the magnitude of the CIE should be best measured in
this realm. In benthic foraminiferal calcite from the most
expanded deep marine carbonate-rich sedimentary
successions the magnitude of the CIE is ∼2.5‰
(Table 1). However, due to the carbon injection, sig-
nificant shoaling of the lysocline and the calcite com-
pensation depth (CCD) occurred, resulting in a lack of
carbonate sedimentation in most deep sea sections and
chemical erosion of upper Paleocene carbonate material
[8,22]. This has led to a brief hiatus near the onset of the
CIE in most deep sea carbonate sections, though
shallower sites should be less affected and provide a
more complete record of the CIE [6]. The decrease in
deep ocean pH and [CO3

2−] likely resulted in a 0.5‰
dampening of the CIE measured in benthic foraminiferal
calcite [13], and thus the CIE of atmospheric CO2
inferred from benthic foraminifera is ∼3‰. The CIE in
surface dwelling planktonic foraminifera is often slight-
ly larger, i.e. ca. 3–4‰ (Table 1). Potentially a 0.5‰
correction should also be applied for the CIE measured
in planktonic foraminiferal calcite [13], but surface
ocean records may also have been affected by local
variations in productivity leading to additional deple-
tions in 13C. Summarizing, based on marine calcite it is
likely that the magnitude of the CIE of atmospheric CO2

is ∼3–3.5‰.
The magnitude in the CIE of organic carbon in ma-

rine sections is commonly larger and more variable
(Table 2) which can be partly attributed to stratigraphic
incompleteness of sections but also to changes in sources
of organic matter, i.e. higher predominance of terrestrial
over marine organic matter, and changes in isotopic
fractionation due to changes in productivity (cf. [11]).
The CIE on land is commonly of an even larger mag-
nitude, i.e. 5–6‰ in paleosol carbonates (Table 2).
Bowen et al. [13] attributed this larger shift predomi-
nantly due to increasing fractionation in 13C by plants
due to increased humidity. Pagani et al. [14], however,
also found a large CIE in terrestrially derived n-alkanes,
ca. 4.5‰ in sediments from the Lomonosov Ridge in the
Arctic Ocean. Since the environment from which these
compounds were derived, continents surrounding the
Arctic Ocean, was already humid prior to the CIE, the
larger CIE could not easily be explained by strong
increases in humidity and soil moisture [14]. Instead,
they suggested that their excursion reflected the true CIE
in atmospheric CO2, and that marine carbonates did not
capture the CIE to its full extent. However, odd carbon
numbered n-alkanes are produced by a large range of
different vegetation types, specifically angiosperms and
gymnosperms, with different isotopic compositions.
Angiosperms are generally more 13C-depleted in
biomass [23], resins [24] and n-alkanes [25] by up to
3‰ compared to that of gymnosperms. Hence, the larger
magnitude of the terrestrial CIE as observed by Pagani
et al. [14] is potentially associated by the shift in floral
composition from a predominantly gymnosperm-based
(pollen)flora to an angiosperm-dominated (pollen)flora
as suggested by pollen analysis in the same Arctic Ocean
sediment core [3].

To investigate this issue we examined the isotopic
composition of aromatic diterpenoid biomarkers specific
for conifers, the most important group of gymnosperms
in temperate environments, and a tetra-aromatic triter-
penoid biomarker specific for angiosperms in PETM
sediments recovered from drilling of the Lomonosov
Ridge where previously the large CIE was documented
in terrestrial n-alkanes [14]. Our results show that the



Table 1
Summary of reported magnitudes (rounded to 0.5‰ precision) of carbon isotope excursions in marine sections during the PETM

Source Location Excursion (‰ vs VPDB) Reference

Planktonic forams Maud Rise, Weddell Sea 4.0 Kennett and Stott [4]
4.0 Thomas et al. [5]

Kerguelen Plateau, Indian Ocean 3.5 Lu and Keller [53]
Bay of Biscay, North Atlantic 2.0 Pardo et al. [54]
Alademilla section, Spain 1.5 Lu et al. [55]
Shatsky Rise, North Pacific 3.5 Tripati and Elderfield [7]

3.5 Zachos et al. [1]
Walvis Ridge, South Atlantic 2.5 Shackleton and Hall [56]

3.5 Tripati and Elderfield [7]
Allison Guyot, Eq. Pacific 2.0 Bralower et al. [57]

2.5 Tripati and Elderfield [7]
Coastal sea, Uzbekistan 2.5 Bolle et al. (2002)

Benthic forams Maud Rise, Weddell Sea 2.0 Kennett and Stott [4]
1.5 Thomas et al. [5]

Kerguelen Plateau, Indian Ocean 2.0 Lu and Keller [53]
Allison Guyot, Eq. Pacific 1.5 Bralower et al. [7]
Coastal sea, Kazahkstan 1.0 Bolle et al. (2002)
Blake Nose, North Atlantic 2.0 Katz et al. [58]
Alademilla section, Spain 1.5 Lu et al. [55]
Coastal Sea, New Jersey, USA 4.0 Cramer et al. [59]
Shatsky Rise, North Pacific 1.5 Tripati and Elderfield [7]
Walvis Ridge, South Atlantic 2.5 Tripati and Elderfield [7]
Indian Ocean 0.5 Nunes and Norris [60]
Bay of Biscay, North Atlantic 1.5 Nunes and Norris [60]
Goban Spur, North Atlantic 2.5 Nunes and Norris [60]
Tropical Pacific 1–2 Nunes and Norris [60]
Demerara Rise, Eq.Atlantic 2.5 Nunes and Norris [60]

Coccolithophorids Maud Rise, Weddell Sea 2.0 Stoll [61]
Bulk carbonate Walvis Ridge, South Atlantic 2–2.5 Zachos et al. [8]

Continental margin, New Zealand 1.0 Crouch et al. [10]
1.5 Hollis et al. [62]

Coastal sea, New Jersey, USA 2.0 Zachos et al. [6]
Goban Spur, North Atlantic 2.0 Cramer et al. [63]

Bulk organic Coastal sea, Uzbekistan 6.0 Bolle et al. [64]
Coastal lagoon, Belgium 4.0 Magioncalda et al. [65]
Coastal sea, Egypt 3.0 Schmitz et al. [66]
Coastal sea, Denmark 7.5 Schmitz et al. [66]
Continental margin, New Zealand 2.0 Kaiho et al. [40]

2.0 Crouch et al. [10]
Arctic Ocean 6.0 Sluijs et al. [3]
North Sea 5.5 Sluijs [67]

Dinoflagellate cysts Coastal sea, New Jersey, USA 4.0 Sluijs [67]
4.5 Sluijs [67]
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CIE is differently reflected in angiosperms compared to
gymnosperms thereby explaining the large CIE observed
in terrestrial n-alkanes.

2. Material and methods

2.1. Sampling strategy

Sediments were obtained fromHole 4A drilled during
IODP Expedition 302 on the Lomonosov Ridge [26].
Samples (1–3 g) were taken at ca. 20 cm intervals in
sections 32X, 31X, 30X and 29X [3]. The position of the
∼55 cm sediments recovered of Core 31X relative to
Cores 30X and 32X is uncertain. Due to the fact that this
section was recovered from a core-catcher (CC), it was
assigned meters below sea floor (mbsf) depths ship-
board, as if it was directly underlying the bottom of Core
31X, whilst a meters composite depth (mcd) was not
given [26]. Because the origin of the ∼55 cm of sed-
iments that comprise Core 31X relative to those of Cores



Table 2
Summary of reported magnitudes (rounded off to 0.5‰ precision) of carbon isotope excursions in terrestrial sections during the PETM

Source Location Excursion (‰ vs VPDB) Reference

Bulk carbonate Bighorn Basin, USA (paleosol) 4.5 Koch et al. [17]
6.0 Bowen et al. [15]
5.5–8 Bains et al. [68]

Bighorn Basin, USA (enamel apatite) 6.0 Koch et al. [17]
Tremp Basin, Spain (paleosol) 6.0 Schmitz and Pujalte [69]
Hengyang Basin, China (paleosol) 5.0 Bowen et al. [15]

Bulk organic Bighorn Basin, USA 4.0 Magioncalda et al. [65]
3.0 Wing et al. [2]

Bulk lignite Cobham Lignite Bed, UK 1.5 Collinson et al. [70]
N-alkanes Tawanui, New Zealand 2.5 Kaiho et al. [40]

Arctic continent 4.5 Pagani et al. [14]
Walvis Ridge 4.5 Hasegawa et al. [42]

Conifer biomarkers Arctic continent 3.0 This study
Angiosperm biomarker Arctic continent 6.0 This study
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30X and 32X is unclear, and for the sake of clarity, we
applied the depths of Sluijs et al. [3], who plotted Core
31X data points 1 m lower than indicated in Backman
et al. [26].

2.2. Extraction and fractionation of biomarkers

Samples were freeze-dried and were extracted using
an accelerated solvent extractor (Dionex ASE 200) with
a dichloromethane/methanol (9:1, v/v) mixture to obtain
the total extracts. The extracts, to which an ante-iso C22

n-alkane standard was added for quantitative analyses,
were further separated into apolar and polar fractions on
a column filled with alumina powder (activated for 2 h at
150 °C) and elution with hexane/dichloromethane (9:1,
v/v; 3× column volume) and methanol/dichloromethane
(1:1, v/v; 3× column volume), respectively. Saturated
and aromatic compounds in the apolar hydrocarbon
fractions were separated using a AgNO3-impregnated
silica column (volume 3 ml) eluted with hexane (3×
column volume) and ethyl acetate (3× column volume),
respectively. The apolar, aliphatic and aromatic fractions
were analysed by gas chromatography (GC), GC/mass
spectrometry (MS) and GC/isotope ratio monitoring MS
(GC/irmMS).

2.3. Instrumental analysis of biomarkers

To quantify biomarker concentrations, GC analyses
were performed on the different fractions dissolved in
hexane, using a Hewlett-Packard 5890 (6890) instru-
ment equipped with a flame ionization detector (FID)
and an on-column injector. A fused silica capillary
column (25 m×0.32 mm) coated with CP-Sil 5 (film
thickness 0.12 μm) was used with helium as carrier gas.
The oven was programmed at a starting (injection)
temperature of 70 °C, which rose to 130 °C at 20 °C/min
and then to 320 °C at 4 °C/min, at which it was
maintained for 20 min.

The different fractions were analysed by GC/MS
using a Finnigan Trace GC ultra coupled to a Finnigan
Trace DSQ mass spectrometer. GC conditions and
column were as described above. The column was
directly inserted into the electron impact ion source of
the DSQ quadrupole mass spectrometer, scanning a
mass range of m/z 50–800 at 3 scans per second and an
ionization energy of 70 eV.

Compound-specific δ13C analyses were performed
for aromatic hydrocarbon fraction. Samples were ana-
lysed on a Finnigan Delta C isotope ratio monitoring gas
chromatography mass spectrometer. The GC column
conditions and temperature program were the same as
described above for GC analyses. The δ13C values for
individual compounds are reported in the standard delta
notation against the Vienna Pee Dee Belemnite (VPDB)
standard and are the means of duplicate runs with a
reproducibility of on average 0.5‰.

3. Results

3.1. Biomarker compositions

GC/MS analysis of the apolar hydrocarbon fractions
revealed substantial differences in compositions be-
tween sediments deposited before and after the CIE
(Fig. 1a and c) and sediments deposited during the CIE
(Fig. 1b) (see [14]). In sediments deposited before
(390.7–388.6 mbsf) and after (378.51–377.51 mbsf) the
CIE, the apolar hydrocarbon fraction is dominated by
C23–C35 n-alkanes with a large odd-over-even carbon
number predominance and by abundance of aromatic
diterpenoids, dehydroabietane and simonellite [27], and
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a tetra-aromatic triterpane [28] (Fig. 1a). High carbon
numbered n-alkanes with an odd-over-even predomi-
nance are typical for terrestrial plant waxes [29].
Dehydroabietane and simonellite are diagenetic pro-
ducts of abietic acid, an abundant diterpenoid in conifer
plants [27] (Fig. 2), whilst the tetra-aromatic triterpane is
an early diagenetic product of β-amyrin [28] (Fig. 2), an
abundant triterpenoid in angiosperms. In addition to
these terrestrial biomarkers, there was a relatively high
amount of C31 17β,21β(H)-hopane and lower amounts
of the C32–C35 17β,21β(H)-hopanes. These compounds
can be derived from both terrestrial and marine bacterial
sources. The high abundance of the 17β,21β(H)-ste-
reoisomers attest to the relative immaturity of the or-
ganic matter [30].
Fig. 1. Gas chromatogram of apolar fractions of total extracts of sediments fro
and (c) 377.91 mbsf depth (post-PETM). Filled circles indicate homologous
The apolar hydrocarbon composition in sediments
deposited during the initial part of the CIE (387.6–
383.3 mbsf) is a far more complex mixture with less
well-resolved peaks (e.g. Fig. 1b). The most abundant
compounds are phytane and hop-(17,21)-ene with
somewhat lower amounts of the monoaromatic deriva-
tive of isorenieratene [31,32]. The terrestrial biomarkers
present in the pre-CIE sediments, i.e. odd carbon
number C25–C33 n-alkanes, dehydroabietane, simonel-
lite and the tetra-aromatic derivative of beta-amyrin,
were also present in the CIE sediments but in much
lower relative abundance.

Quantification of the concentration of the different
biomarkers showed that dehydroabietane, simonellite and
the tetra-aromatic triterpane were relatively abundant
m (a) 390.31 mbsf depth (pre-PETM), (b) 383.94 mbsf depth (PETM)
series of n-alkanes.



Fig. 2. Diagenetic scheme showing the formation of dehydroabietane and simonellite from abietic acid and the formation of the tetra-aromatic
triterpane from β-amyrin (after Simoneit [52]).
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prior to the CIE but then decreased substantially during
the initial phase of the CIE (Fig 3b and c). In contrast, the
concentration of the C29 n-alkane does not show sub-
stantial differences in concentration before, during and
after the CIE (Fig. 3c). The relative ratio of the angio-
sperm biomarker versus that of the conifer biomarkers
remained fairly constant except for an increase in
angiosperm biomarkers during the recovery of the CIE
(Fig. 3e). Biomarkers like phytane, hop-(17,21)-ene and
derivatives of isorenieratene were in low abundance or
even absent before the CIE but became abundant at the
Fig. 3. Depth profile of (a) δ13C of total organic carbon (from Sluijs et al. [3], (b
of the tetra-aromatic derivative of β-amyrin and C29 n-alkane, (d) amount of
percentage of angiosperms compared to total of angiosperms and gymnosperm
of dehydroabietane+simonellite and tetra-aromatic triterpane), (f) concen
isorenieratane and its monoaromatic derivative.
initial phase of the CIE and then slowly decreased again to
pre-CIE concentrations (Fig. 3f and g).

3.2. Compound-specific stable carbon isotope records

Stable carbon isotopic analyses were performed,
where possible, on dehydroabietane and simonellite as
biomarkers for conifers and the tetra-aromatic derivative
of β-amyrin as a marker for angiosperms. Isotopic
analysis was mostly performed on purified aromatic
hydrocarbon fractions to enhance the concentration of
) concentrations of dehydroabietane and simonellite, (c) concentrations
angiosperm and gymnosperm pollen (from Sluijs et al. [3]), (e) relative
s based on palynology (pollen counts) and biomarkers (concentrations
trations of phytane and hop-(17,21)-ene and (g) concentrations of



Fig. 4. Depth profile of the δ13C values of (a) total organic carbon, (b) C29 n-alkane (from Pagani et al. [14]} (c) dehydroabietane and simonellite and
(d) the tetra-aromatic derivative of β-amyrin and (e) the Average Chain Length (ACL) of C23–C35 n-alkanes.

Fig. 5. Cross plots of δ13C values of (a) dehydroabietane against simonellite and (b) simonellite and tetra-aromatic derivative of β-amyrin against the
C29 n-alkane Error bars are standard deviations of replicate analysis.
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these aromatic biomarkers. Despite this, the isotopic
composition of these compounds could not be obtained
for all samples due to low abundances, high back-
grounds or coelutions with other compounds. This was
especially the case during the initial stages of the CIE, as
defined by the δ13C records of total organic carbon [3]
and the terrestrial C29 n-alkane [14] (Fig. 3), when high
amounts of other compounds and an unresolved com-
plex mixture severely diminished the relative abundance
of the terrestrial biomarkers.

The results show that dehydroabietane and simonel-
lite have δ13C values of ca. −25 to −26‰ prior the CIE
and then both became more negative by up to 3‰
during the CIE and returned to more 13C-enriched
values after the CIE at ca. −26‰ although still slightly
more depleted compared to pre-CIE values (Fig. 4c).
The δ13C values of dehydroabietane and simonellite are
significantly correlated to each other (r2 =0.97; Fig. 5a)
in agreement with their common origin, i.e., abietic acid
synthesized by conifers. The tetra-aromatic triterpane
had similar δ13C values as the conifer biomarkers prior
the CIE, i.e. ca. −26‰, but was strongly depleted by up
to 6‰ during the CIE (Fig. 4c). The δ13C value of the
angiosperm biomarker then rapidly decreased during the
recovery phase of the CIE but remained depleted in 13C
post-CIE at ca. −28‰.

4. Discussion

4.1. Terrestrial vegetation changes

Our results show that the concentrations of biomar-
kers derived from gymnosperms and angiosperms
decreased during the most of the CIE and increased
after the CIE (Fig. 3b and c). These results are somewhat
different from that of pollen analysis of the same core
(Fig. 3d): the absolute abundance of gymnosperm pollen
is low before and during most of the CIE and increases
only at the end and after the CIE whilst that of angio-
sperm pollen strongly increased during CIE and remained
relatively high. The relative percentage of angiosperm
pollen of summed angiosperm+gymnosperm pollen was
slightly higher during the CIE than before and decreased
after the event (Fig. 3e, [3]). In contrast, the relative
percentage of the angiosperm biomarker of the summed
angiosperm+conifer biomarkers was relatively similar
during theCIE and increased at the end of theCIE (Fig. 3d).
The differences observed between the biomarkers and
pollenmay be due to, for example, an incomplete inventory
of biomarkers derived from angiosperms and gymnos-
perms. Alternatively, biomarkers and pollen have different
taphonomies and can be transported from land to the
marine environments in different ways, i.e., via aeolian
or fluvial transport with likely different relative con-
tributions. Indeed, the concentration profile of the C29

n-alkane is different from that of the terrestrial aromatic
biomarkers which may be due to this effect. Higher
plant wax n-alkanes are known to be transported both
by wind and riverine input (e.g. [33]). Finally, other
factors which can introduce biases into the biomarker
and pollen records include differential preservation and
sedimentation rates, winnowing and changes in plant
communities.

There is also a shift in the relative distribution of
n-alkanes which can be expressed as the Average Chain
Length (ACL) of C23 to C35 n-alkanes (Fig. 4e). Prior to
the CIE the ACL23–35 is approximately 27.8 but then
changes at the onset of the CIE to 28.9, i.e. a shift towards
longer chain n-alkanes. During the recovery phase of the
CIE distribution of the n-alkanes shifts back to shorter
chain lengths with the ACL23–35 gradually moving back
to approximately 28.0 at which it remains after the CIE.
The ACL of plant waxes varies widely between different
species (e.g. [25]) and thus this change in ACL23–35 could
reflect changes in vegetation, as recorded in the pollen
assemblages [3]. Indeed, the depth profile in ACL23–35

resembles that of the % angiosperm pollen profile
(Fig. 3e). However, a number of studies have also
shown that with increasing temperature and/or aridity the
ACL increases (e.g. [33–36]). Sachse et al. [36] observed
a significant increase in ACL with increasing hydrogen
isotopic fractionation. As hydrogen isotopic fractionation
of plants is strongly depending on net evaporation they
suggested that plants increase the average chain lengths of
their plant wax n-alkanes to minimize the enhanced
evaporation from their leaves [36]. Thus, the strong
increase ACL23–35 observed here during the initial phase
of the CIE may have been a response to enhanced eva-
poration due to increased temperatures [37].

4.2. Magnitude of CIE in 13C-contents of terrestrial
organic carbon

The δ13C values of the terpenoid biomarkers likely
represent the original δ13C values of their parent
compound, i.e. abietic acid and β-amyrin (Fig. 2), as
aromatization has been shown not to significantly affect
the stable carbon isotopic composition of compounds
[38,31]. The enriched δ13C values of the terpenoid
biomarkers compared to the n-alkanes is in agreement
with fractionation induced during biosynthesis of these
compounds, i.e., in general straight chain carbon skel-
etons are depleted in 13C compared to isoprenoid skel-
etons in plants [39]. The stable isotope analyses of
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angiosperm and conifer biomarkers reveal that these
vegetation types have different negative CIEs: Conifers
expressed an excursion of up to ca. 3‰ whilst
angiosperms had a CIE of up to 6‰. Although we do
not have stable isotope data at the start of the CIE in our
section (384.34 to 383.22 mbsf) it is likely that these
CIEs are not much larger than this since both TOC and
δ13C of the C29 n-alkanes are relatively constant from to
384.34 to 382.62 msbf (Fig. 4) [3,14].

Our results can now readily explain the observed
CIE in the terrestrial n-alkanes of 4.5‰ as reported
previously [14]. Both conifers and angiosperms con-
tributed to the n-alkane pool and thus to their isotopic
signature. Indeed, the δ13C values of both conifer and
angiosperm biomarkers significantly correlate to that of
the C29 n-alkane (Fig. 5b). However, the slope of the
correlation lines is different: a change of 1‰ in the C29

n-alkane corresponds to a change of ca. 0.6‰ in the
conifer biomarkers and ca 1.4‰ in the angiosperm
biomarker. Indeed, the average CIE of the C29 n-alkane
is 4.5‰which is in between the 3‰CIE in conifers and
the 6‰ CIE in angiosperms, suggesting that the ter-
restrial n-alkanes and their isotopic composition repre-
sent a mixture of n-alkanes sourced by angiosperms and
conifers.

Our results can potentially explain other excursions
reported for terrestrial derived n-alkanes. A relatively
small CIE (ca. 2.5‰) has been observed in the C29

n-alkane in the Tawanui section, New Zealand [40].
Palynological investigations have revealed that the
terrestrial vegetation input in this section is dominated
by conifers with a relatively low (b5%) abundance of
angiosperms and no substantial changes throughout the
CIE [41]. Thus, the C29 n-alkane in this section is
primarily sourced by conifers in this area, strongly sug-
gesting that conifers in the mid to high latitude Southern
Hemisphere also expressed a CIE of ca. 3%. However, it
should be noted that in this section the initial phase of the
CIE is likely absent [40] and thus the full extend of the
CIE in the terrestrial n-alkane may have not been
recorded. Hasegawa et al. [42] reported a 4 (C31 n-alkane)
to 5‰ (C29 n-alkane) excursion in odd carbon numbered
n-alkanes in sediments deposited at Walvis Ridge. These
n-alkanes are likely derived through aeolian transport
from the southern part of Africa [43] which probably have
been dominated by angiosperms. This suggests that
angiosperms in this part of the world also had a larger CIE
by up to 2‰ compared to that inferred for atmospheric
CO2. Potentially, this excursion may be even larger as the
sample resolution in the study of Hasegawa et al. [42] was
relatively low and the authors noted some problems with
contamination of the n-alkanes from drilling fluids. These
studies tentatively suggest that our observation of varying
CIEs for conifers and angiosperms may be a global
phenomenon although more sites need to be investigated
to substantiate this hypothesis. If confirmed, it may partly
explain the large and variable CIEs recorded from
terrestrial sections (Table 2).

The different CIE of conifers versus that of angio-
sperms is intriguing and has, to the best of our knowl-
edge, not been previously observed. Two end-member
explanations can be proposed for this observation: i) the
CIE of the conifer biomarkers (3‰) represents the
general CIE of atmospheric CO2, similar to that inferred
from marine carbonates (Table 1), and angiosperms
increasingly fractionate in 13C during the CIE or ii) the
CIE of the angiosperms (6‰) represents the general CIE
of atmospheric CO2, a much larger CIE than previously
assumed, and the conifer biomarkers have reduced
isotopic fractionation during the CIE. However, such a
large CIE in atmospheric CO2 seems unlikely as nearly
all marine and terrestrial isotope records have a much
smaller CIE (Tables 1 and 2). Thus, it seems more likely
that angiosperms increased their isotopic fractionation
during the CIE in contrast to conifers which remain
relatively constant in isotopic fractionation.

The fractionation in 13C of terrestrial C3 plants is
strongly correlated to the relative concentration of inter-
nal (ci) CO2 to ambient (ca) CO2 [44]:

D ¼ aþ ðb� aÞ⁎ci=ca ð1Þ
where Δ is the isotopic fractionation of plants, a =
fractionation due to diffusion of CO2 through the
stomata (ca 4.4‰) and b is fractionation by Rubisco
(ca. 27‰). Our data thus suggest that the ci/ca of
angiosperms has increased whilst that of conifers has
remained relatively constant. The relative ratio of ci/ca is
negatively related to water use efficiency (WUE), i.e.
the amount of carbon assimilated per amount of water
used [44]:

WUE ¼ A

g
¼ cað1� ci=caÞ

1:6
ð2Þ

where A is the CO2 assimilation rate and g is the
stomatal conductance. Our results thus suggest that the
WUE of angiosperms has likely decreased relative to
that of conifers. For conifers our isotope evidence
suggests that ci/ca remained constant but as ca likely
increased during the CIE (e.g. [45]) Eq. (2) implies that
the WUE of conifers increased. Unfortunately, little
information is available on the effect on long term
(N100 yr) exposure to higher CO2 levels on changes in
WUE in higher plants and concern at best decadal time
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scales. The data generally show that plants increase their
WUE at increasing CO2 levels (e.g. [46–48]), as likely
has been the case for conifers during the CIE, but
substantial differences in WUE changes with different
plant species have, to the best of our knowledge, not been
reported. However, most of the data which examined the
change in WUE under changing temperature and CO2

conditions were obtained from short term experiments
(b10 yr) and under conditions not relevant for the P–E
where, e.g., CO2 levels were likely above 1100 ppmv
[49–51]. The reason for the different physiological
response of angiosperms and conifers thus remains
enigmatic. One speculative possibility is that it was
evolution-driven. Angiosperm plants that evolved dur-
ing the early Paleogene likely had optimal WUE for
greenhouse conditions, possibly aided by the increased
chain length of their plant waxes, even at the warm low
latitudes. Hence, their WUEmay already have been fully
adapted to the warm conditions which ensued upon the
high latitude continents during the PETM. Possibly, even
during the extreme warm conditions of the PETM they
were able to keep their WUE rather constant, which, as
ca rose, led to a decrease in ci/ca and an increase in carbon
isotopic fractionation. In contrast, conifers, which were
mostly restricted to the relatively cool higher latitudes
during the late Paleocene, may have adapted themselves
to the warming conditions with improved WUE leading
to a more or less constant ci/ca and thus constant isotopic
fractionation.

5. Conclusions

Molecular isotopic analysis of terrestrial biomarkers
deposited during the Paleocene–Eocene in the Arctic
Ocean revealed that conifers and angiosperms reacted
differently in isotopic fractionation during the CIE.
This led to different isotopic excursions of ca. 3‰ for
conifers and 6‰ for angiosperms. The C29 n-alkane
isotope excursion of ca. 4.5‰ previously reported from
the same material likely represents a mixed signal of
both the angiosperm and conifer isotopic excursions.
The different CIE of conifers and angiosperms can thus
lead to a large and variable CIE in terrestrial isotope
records depending on the relatively dominance of the
two vegetation types and care has to be taken when
interpreting the magnitude of CIEs of terrestrial P–E
records. Our data suggest that under the already
extreme conditions of late Paleocene climate and the
rapid climate change during the P–E the different
vegetation types had different physiological responses
resulting in different carbon isotope fractionation
patterns.
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