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The ilmenite-bearing cumulates (IBC) formed from the solidification of the lunar magma ocean are 
thought to have significantly affected the long-term evolution of the lunar interior and surface. Their 
high density is considered to trigger Rayleigh–Taylor instabilities which allow them to sink into the 
solidified cumulates below and drive a large-scale overturn in the lunar mantle. Knowledge of how the 
IBC participate in the overturn is important for studying the early lunar dynamo, chemistry of surface 
volcanism, and the existence of present-day partial melt at the lunar core–mantle boundary. Despite 
early efforts to study this process as Rayleigh–Taylor instabilities, no dynamical models have quantified 
the degree of IBC sinking systematically. We have performed quantitative 2-D geodynamical simulations 
to measure the extent to which IBC participate in the overturn after their solidification, and tested 
the effect of a range of physical and chemical parameters. Our results show that IBC overturn most 
likely happened when the magma ocean had not yet fully solidified, with the residual melt decoupling 
the crust and IBC, resulting in 50–70% IBC sinking. Participation of the last dregs of remaining magma 
ocean melt is unlikely, leaving its high concentrations of radiogenic elements close to the surface. Our 
simulations further indicate that foundered IBC can stay relatively stable at the core–mantle boundary 
until the present day, at temperatures consistent with the presence of a partially molten zone in the 
deep mantle as inferred from geophysical data. 30–50% of the primary IBC remain at shallow depths 
throughout lunar history, enabling their assimilation by rising magma to form high-Ti basalts.

© 2019 The Authors. Published by Elsevier B.V. This is an open access article under the CC BY-NC-ND 
license (http://creativecommons.org/licenses/by-nc-nd/4.0/).
1. Introduction

The Moon is considered to have solidified from a global magma 
ocean (Dowty et al., 1974; Warren, 1985). The solidification pro-
cess produced a radial gradient of compositions due to fractional 
crystallization. In the late stages of lunar magma ocean (LMO) crys-
tallization (Lin et al., 2017; Snyder et al., 1992; Warren, 1985), 
denser cumulates containing ilmenite, known as the ilmenite-
bearing cumulates (IBC), are formed. The last part of the magma 
ocean to solidify is the so-called urKREEP (potassium, rare earth el-
ements, and phosphorus-rich silicate liquid), just below the newly-
formed flotation crust. This layer is highly enriched in incompatible 
elements, including radiogenic isotopes of Th, U and K. The pres-
ence of dense IBC at shallow depths in the Moon results in gravita-
tional instability, leading to a mantle overturn event, where dense 
cumulates sink down into the earlier-formed cumulates (Hess and 
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Parmentier, 1995; Parmentier et al., 2002; Ringwood and Kesson, 
1976). In this study, we provide new constraints on the extent of 
participation of IBC in lunar mantle overturn.

The fate of the IBC and the overlying urKREEP layer exerts ma-
jor influence on global lunar evolution. Firstly, if the IBC sank to 
the core–mantle boundary, they would have significant influence 
on the ancient lunar dynamo (Cournède et al., 2012; Hood, 2011;
Tikoo et al., 2017) through their impact on the thermal evolution 
of the core (Zhang et al., 2013). Secondly, the mantle overturn is 
thought to have played a key role in the formation of the mare 
basalts exposed at the lunar surface, with IBC being the most likely 
source of the high Ti content of high-Ti basalts. Thirdly, present-
day IBC at the core–mantle boundary could explain the presence 
of partial melt in the deep mantle. Multiple lines of geophysical 
evidence (Garcia et al., 2011; Khan et al., 2004, 2014, and refer-
ences therein; Weber et al., 2011) suggest the presence of a deep 
melt layer in the lunar interior today. Part of this melt layer is 
likely located in the deep lunar mantle, in a layer ∼150 km thick 
with 5–30% melt (Weber et al., 2011). Foundered IBC may have 
persisted at the core–mantle boundary in a partially molten state 
under the CC BY-NC-ND license (http://creativecommons.org/licenses/by-nc-nd/4.0/).
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until the present day (Dygert et al., 2016; van Kan Parker et al., 
2012; Zhang et al., 2017), explaining geophysical observations.

Solid state convection would occur irrespective of whether or 
not IBC were able to participate in it. Therefore, the problem of 
“mantle overturn” is twofold. Firstly, it concerns when the first 
overturn, which marks the onset of solid-state convection, would 
happen: during or after the solidification of the magma ocean. Sec-
ondly, it concerns whether or not, and to which extent, IBC would 
participate in any part of the solid-state convection. The first issue 
was addressed recently by Maurice et al. (2017) and Boukaré et al.
(2018). They found that the onset of solid-state convection may 
have occurred before the IBC were solidified, depending on the 
competition of time scales between solidification and convective 
overturn, and on the viscosity of the cumulate layer. Taken at face 
value, the age of the Moon (at least ∼4.51 Ga, Barboni et al., 2017) 
and the observed age of the lunar crust (∼4.36 Ga, e.g. Borg et al., 
2011) imply a possible LMO solidification time of ∼150–200 Myr. 
However, estimates of the time scale of magma ocean solidifica-
tion range from ten or a few tens of Myr (Elkins-Tanton et al., 
2011) to 100–200 Myr (Hess and Parmentier, 1995; Solomon and 
Longhi, 1977). The discrepancy between the low estimates and ob-
servation may be resolved by considering tidal heating of the crust 
(Elkins-Tanton et al., 2011). ∼80% of the LMO is thought to have 
solidified on a short time scale of ∼1000 yr (Elkins-Tanton et al., 
2011), before an insulating flotation crust was formed. Due to its 
lower effective Rayleigh number, the lunar interior is expected to 
be mixed to a smaller extent than the Earth, Mars, and Venus be-
fore full solidification of the magma ocean (Maurice et al., 2017).

In view of the importance of the evolution of IBC, our study 
focuses on the second issue. Many previous studies have shed 
light on the evolution of IBC, although no systematic assessments 
have quantified the degree of IBC sinking. Hess and Parmentier
(1995, 2001) studied how multiple stages of convective mixing 
during and after LMO solidification can explain the source of early 
magmatism and Mg-suite formation, and create a thicker and di-
luted IBC layer through sinking of early IBC diapirs as IBC solidify. 
The thickness of the IBC layer is a key parameter used in determin-
ing the wavelength of IBC downwelling (Parmentier et al., 2002). 
de Vries et al. (2010) decoupled the crust and the IBC by using a 
constant low-viscosity layer below the crust, thereby making all of 
the IBC sink. While investigating the fashion in which previously 
overturned IBC-rich materials rise back up, Zhang et al. (2013) as-
sumed the foundered IBC-rich materials at the core–mantle bound-
ary contain 30% of IBC, after mixing with the olivine-rich mantle.

Here, we aim to assess, through geodynamic modelling, whether 
or not and to what extent IBC would participate in mantle convec-
tion. Instead of terming the event of interest “mantle overturn”, 
we refer to it as “IBC overturn”, to emphasize the fact that we 
specifically investigate the fate of IBC after they have solidified, 
irrespective of whether the earlier cumulates below have already 
undergone convective overturn events. In particular, we quantify 
the percentage of IBC that sinks into the mantle (referred to as 
IBC% in the rest of the paper) and impacts the thermal evolution 
of the deep lunar interior, and test the effects of a range of physical 
and chemical parameters in our convection models. We investigate 
whether or not urKREEP is still in a partially molten state at the 
onset of IBC overturn and explore the implications of our results 
for lunar evolution.

2. Modelling approach

Since it is uncertain when the IBC overturn occurs, we test two 
scenarios. In the first, we assume that IBC overturn starts after the 
LMO has entirely solidified. The initial temperature profile used 
for these models, especially in the region of the IBC layer, has a 
particularly large influence on early model evolution, due to the 
temperature dependence of viscosity. This set of models therefore 
tests the effect of initial temperature, and temperature dependence 
of viscosity, on IBC overturn behaviour. In the second scenario, we 
assume that the LMO has not entirely solidified at the time of IBC 
overturn. urKREEP is highly enriched in radiogenic isotopes of Th, 
U and K (Warren, 1985). It also has relatively low melting tem-
peratures (Lin et al., 2017). Therefore it may have been kept in a 
high-melt-fraction state by its own heat production, even after the 
rest of the magma ocean solidified (Hess and Parmentier, 2001; 
Solomon and Longhi, 1977). Such a partially molten layer is weak, 
and may have acted as a decoupling agent that facilitates IBC over-
turn. Therefore in the second class of models, we consider that IBC 
transport begins just after the ilmenite-bearing layer is solidified, 
and before the urKREEP layer is entirely solidified. In this case, we 
test the effect of urKREEP layer weakening, the density contrast 
between IBC and the layer below, the thickness of the IBC layer, 
and the distribution of urKREEP heat-producing elements between 
the crust and IBC.

2.1. Description of the numerical model

Modelling experiments are performed on a 2-dimensional cylin-
drical finite element mesh with an aperture angle of 180◦ . Convec-
tion equations are solved using the extended Boussinesq approxi-
mation (Christensen and Yuen, 1985), including viscous dissipation 
and adiabatic heating, assuming the incompressible fluid has an 
infinite Prandtl number.

Model equations for thermal convection in a highly viscous 
fluid are based on the conservation of energy, momentum, and 
mass. Non-dimensionalisation of the convection equations is done 
by using the thickness of the mantle h as the spatial scale, 
the thermal diffusion time h2/κ0 as timescale, where κ0 = 9 ×
10−7 m2 s−1 is the thermal diffusivity scale. Dimensional tem-
perature is written as T = Ts + T ′�T , where Ts is the surface 
temperature and �T is the initial temperature difference over the 
depth of the domain. In the remainder of this paper, the accent of 
non-dimensional variables is dropped in the notation.

The energy equation

DT

Dt
= αg(r)Di(T + T0)w + Di

Ra
Φ + ∂ j(κ∂ j T ) + R H H(�C, t) (1)

describes the rate of temperature change by the four terms on 
the right hand side: adiabatic heating, viscous dissipation, heat 
conduction, and heat production from radiogenic sources, respec-
tively. D · /Dt is the Lagrangian derivative. Parameters in this and 
the following equations are explained in Table 1. The momentum 
equation

∂ j
(
η(P , T )eij

) − ∂i�P = g(r)êri B(T , �C)Ra (2)

describes the force balance of viscous shear, dynamic pressure gra-
dient, and buoyancy. êri is a unit vector in the direction of gravity. 
B(T , �C) = (ρ(T , �C) − ρ0)/(ρ0α0�T ) is the buoyancy factor. The 
conservation of mass

∂ jν j = 0 (3)

is described as a divergence-free velocity field for incompressible 
fluid.

Composition is modelled by 500,000 active tracers, advected by 
the flow and using the particle-in-cell method (Hockney and East-
wood, 1988). Particle transport is described by the non-diffusive 
transport equation

D �C = 0. (4)

Dt
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Table 1
Meanings and values of the parameters used in model equations.

Parameter Meaning Value

C Composition parameter
cp Specific heat 1250 J kg−1 K−1

cpc Specific heat of the core 800 J kg−1 K−1

Di Dissipation number Di = α0 g0h
cp

0.0719

ei j Strain rate tensor: ei j = ∂μi
∂x j

+ ∂u j
∂xi

e Second invariant of the strain rate:
√

1
2 ei jei j

g Gravitational acceleration
g0 Gravity scale value/surface gravity 1.62 m s−2

H(�C , t) Composition and time dependent internal heat production
h Domain height (thickness of mantle) 1387 km
k(P, T) Thermal conductivity
L Thickness of hot layer in Scenario B models 10, 15, or 20 km
σ Viscosity contrast created by hot layer in Scenario B models 0.1 or 0.01
qc (t) Average heat flow through core–mantle boundary
r Radial coordinate

R H Internal heating number: R H = H0h2

cpκ0�T

Ra Thermal Rayleigh number: Ra = ρ0α0 g0�T h3

η0κ0
106

�T Temperature scale value 1650 K
Ts Surface temperature 250 K
T0 Dimensionless surface temperature T0 = Ts

�T .
Tc Core temperature
T p Potential temperature of an adiabat
t Time
V c Core volume 1.8 × 108 km3

vi Cartesian component of the velocity field
w Radial velocity
α0 Thermal expansion scale value 4×10−5 K−1

η0 Viscosity scale value (reference viscosity) 1×1021 Pa s
κ Thermal diffusivity: κ = k

ρcp

ρ0 Density scale value 3354 kg m−3

ρc Core density 7400 kg m−3

Φ Viscous dissipation: Φ = ηe2
The components Ci of the composition vector �C represent the 
mass fractions of the material components (mineral associations) 
and CNc = 1 − ∑Nc−1

j=1 C j . NC is the number of components of the 
composition. Applying linearized thermal expansion and assuming 
a single uniform thermal expansivity α for all components, the ef-
fective density is given as 1

ρ(�C,T )
= ∑Nc

i=1
Ci

ρir (1−α(T −Ts))
, where ρir

is the density of component i at reference temperature Ts (Ta-
ble 2).

Our numerical experiments are performed using a finite ele-
ment code based on the SEPRAN finite element package (Segal and 
Praagman, 2000; van den Berg et al., 2015). Quadratic triangular el-
ements are used in this study. The finite element mesh has 28784 
elements. The element size is gradually reduced to 5 km towards 
the top and bottom of the mantle. Several tests with increased res-
olution of the finite element mesh, and increased number of active 
tracers, reproduced our model results.

2.2. Parameter overview and choices

A list of model parameters is presented in Table 1. Temperature-
and pressure-dependent variable thermal conductivity k(P , T ) (van 
den Berg et al., 2005) is used, calculated from Hofmeister’s (1999)
conductivity model for average mantle materials based on phonon 
solid state physics.

The 40 km-thick lunar crust (within the range of 34–43 km de-
rived from lunar gravity field observations, Wieczorek et al., 2013) 
is assumed to have a uniform thermal conductivity of k_crust =
1 W m−1 K−1. This is calculated based on the contributions to 
the overall crustal thermal resistance of the bulk crust and near-
surface porous layers. Temperature- and pressure-dependent vis-
cosity is modelled based on the Arrhenius relation:
η(P , T ) = ηpre exp

(
E∗ + P V ∗

RT

)
(5)

E∗ is the activation energy which determines temperature de-
pendence. V ∗ = 6 cm3 mol−1 (Karato and Wu, 1993) is the 
activation volume controlling pressure dependence. R = 8.314
kg m2 s−2 K−1 mol−1 is the gas constant, and T is absolute temper-
ature. The viscosity scale η0 is 1×1021 Pa s in all models, resulting 
in a thermal Rayleigh number of Ra = 1 × 106. ηpre is the viscos-
ity pre-factor, such that at a depth of 500 km and temperature 
of 1500 K, η(P , T ) = 1 × 1020 Pa s. Two viscosity truncation val-
ues are applied to avoid numerical instability: 1×1018 Pa s at the 
lower end, and 1 × 1024 Pa s at the higher end.

Gravity decreases from 1.62 m s−2 at the surface to 0.52 m s−2

at the core–mantle boundary, similar to that in the VPREMOON 
model (Garcia et al., 2011). The thermal expansivity α has a sur-
face value of 4 × 10−5 K−1 and decreases to 3.24 × 10−5 K−1

at the bottom of the mantle. Core radius is 350 km, an inter-
mediate value from a range of estimations (Khan et al., 2007;
Williams et al., 2001; Weber et al., 2011; Shimizu et al., 2013).

2.3. Boundary conditions and thermal coupling of mantle and core

Mechanical boundary conditions are no slip on the surface and 
free slip along all other boundaries. The surface of the Moon 
is given a constant temperature of 250 K. The core is modelled 
as a finite heat reservoir, the cooling of which is controlled by 
heat flux across the core–mantle boundary (van den Berg et al., 
2005). The initial temperature of the core is set at 1900 K, corre-
sponding to the peridotite solidus temperature (Hirschmann, 2000)
at core–mantle boundary pressure conditions. Temperature evo-
lution of the core is described by equation (6) below, where
A = 7.7 × 105 km2 is the surface area at the core–mantle bound-
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Table 2
Density values used in each initial material component layer. These values are calculated from Snyder et 
al. (1992, his Fig. 4) for 1 bar and 250 K. The reference density value used in the models is 3354 kg m−3. 
Layer# is as indicated in the left frame of Fig. 1.

Layer# Layer composition Density (kg m−3)

I 100% Plagioclase 2750
II 24.8% Ilmenite80 ((Mg0.2Fe0.8)TiO3) + 75.2% Clinopyroxene 3719
III 75% Clinopyroxene + 25% Olivine 3396
IV 100% Orthopyroxene 3324
V 100% Olivine 3342
ary and qc(t) is time-dependent heat flow across the core–mantle 
boundary.

dTc

dt
= − A

ρccpc V c
qc(t) (6)

2.4. Initial model setup

The initial conditions of our models are based on the LMO frac-
tional crystallization sequence of Snyder et al. (1992) (Fig. 1, left). 
The stratified result of crystallisation is modelled by prescribing 
density and distribution of heat-producing elements corresponding 
to the different layers. Density values of each layer are presented 
in Table 2. They are calculated for the corresponding layer compo-
sitions derived from Snyder et al. (1992, their Fig. 4) at 1 bar and 
250 K.

Heat-producing isotopes 235U, 238U, 232Th and 40K are used 
as heat sources (de Vries, 2012, her Table 5.4), calculated from 
mineral–melt partition parameters of each element assuming an 
initial bulk lunar heat production of 5.2 × 10−12 W kg−1. For a 
mixture of material components, heat production is described by:

H(�C, t) =
Nc∑

i=1

Ci Hi(t), Hi(t) =
Niso∑
j=1

Hij exp(−λ jt) (7)

where Ci is the mass fraction of material component i, Hi (t) is 
the instantaneous heat productivity of component i. Hij is the ini-
tial heat productivity of isotope j in material component i. λ j is 
related to the half-life of isotope j.

Due to its low thickness, the urKREEP layer is not resolved as 
a separate initial layer and material component. Its highly concen-
trated heat-producing element inventory is assumed to be incor-
porated in either the IBC below or the crust above (Section 2.4.2).

To investigate whether IBC overturn happens with or without 
solidification of urKREEP at the onset of IBC overturn, two scenar-
ios of initial mantle temperature conditions are used in our mod-
els. Both scenarios (described in sections 2.4.1 and 2.4.2 below) use 
horizontally averaged depth-dependent temperature profiles. De-
tails of all models are presented in Table 3 and summarised below.

2.4.1. Scenario A: IBC overturn in entirely solidified magma ocean
For the first scenario we assume that the IBC overturn event 

started directly after the magma ocean entirely solidified. These 
models are relevant when considering the possible short time scale 
of lunar crustal formation (Elkins-Tanton et al., 2011; Perera et al., 
2018). The initial temperature profile is defined as an adiabatic 
profile truncated at the thermal boundary layers. Both the core–
mantle boundary and surface thermal boundary layers are 40 km 
thick. A series of adiabats are calculated based on lunar parameters 
using potential temperatures of 1200 to 1800 K, at 100 K intervals. 
Example initial T profiles are shown in the middle frame of Fig. 1.

Experimental results of Karato and Wu (1993) indicate an ac-
tivation energy E∗ of 300 kJ mol−1 for dry olivine in diffusion 
creep. We investigated the effects of contrasting values of 300 and 
100 kJ mol−1 for E∗ . The latter value approximates the effect of 
power-law rheology (Christensen, 1984). Activation volume is kept 
constant at V ∗ = 6 cm3 mol−1 (Karato and Wu, 1993).

2.4.2. Scenario B: IBC overturn with partially molten urKREEP
To investigate the impact of mechanical decoupling of the IBC 

layer on its convective overturn, a second scenario is investi-
gated where the urKREEP layer is still in a partially molten state. 
To simulate the correspondingly low viscosity of partially molten 
urKREEP as a transient phenomenon, a hot layer is prescribed in 
the initial temperature profile, resulting in a local weak zone. The 
initial temperature profile is composed of the peridotite solidus 
(Hirschmann, 2000) and an adiabat with a potential temperature 
of 1640 K. Fig. 1(right) illustrates two of these initial temperature 
profiles (solid green and red lines). All Scenario B models assume 
an activation energy of E∗ = 300 kJ mol−1 (Table 3). The initial 
viscosity profiles of our models differ only by their corresponding 
initial temperature profiles. Representative initial viscosity profiles 
from this work are shown together with profiles from previous 
studies in Fig. 2. As in most previous studies, our models do not 
explicitly consider compositional dependence of viscosity, although 
recent experimental measurements of the rheological properties of 
ilmenite indicate the IBC have a lower viscosity than other LMO 
cumulate layers (Dygert et al., 2016). When compositional effects 
are not considered, numerical models overestimate the viscosity of 
IBC by at least one order of magnitude (Fig. 2).

A local and transient hot layer in Scenario B models lowers the 
viscosity of the IBC region, and the goal of this thermal anomaly is 
to mimic the effects of the presence of partial melt in the urKREEP 
layer. The effect of this hot layer only exists at the beginning of the 
model evolution (Section 3.2.1), and it is not meant to explicitly 
simulate the compositional effect of ilmenite on IBC viscosity. Since 
the effect of the presence of weak urKREEP is also to lower the 
viscosity of the IBC region, it has a similar role in facilitating IBC 
overturn to the role of compositional effects of ilmenite (Dygert et 
al., 2016), partial melt, and/or water in the IBC region.

Two parameters are varied for the hot layer: layer thickness L
and viscosity contrast σ such that σ is multiplied by the origi-
nal viscosity. η(P , T ) = σηorg(P , T ). This is achieved by raising the 
temperature of the layer by around 150 K for σ = 0.1 and around 
330 K for σ = 0.01 (Fig. 1, right, upper inset). When the hot layer 
is 10 km thick, there are 2–3 elements (5–7 nodal points) in the 
hot layer. In particular, model ScenB_15_1e-2_1deltarho is used as 
a reference model for subsequent testing of other parameters (Ta-
ble 3).

We also assess the effect of IBC density contrast. Contrasts 
tested are 0, 0.5δρ , δρ , 1.5δρ , and 2δρ , where δρ = (3719–
3396) kg/m3 = 323 kg/m3 (Table 2). This is equivalent to set-
ting the ilmenite content of the IBC to 0, 5.5%, 11%, 16.5%, and 
22%, respectively, or to varying the Mg# of an IBC layer with 
11% ilmenite from 75 to 80. The initial temperature of model 
ScenB_15_1e-2_1deltarho_30km (right frame of Fig. 1, solid green 
line) is used in all these models.

Hess and Parmentier (1995) envisioned that, for a magma ocean 
that solidified in ∼200 Myr, diapirs of first crystallized IBC would 
sink 80 km, producing a total, less dense IBC layer of 100 km thick 
before driving a larger overturn. Models ScenB_15_1e-2_1deltarho_
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Table 3
All models in this study and their key parameters.

Model name Initial T Initial T details Partially 
molten 
urKREEP

Activation 
energy 
(kJ/mol)

Density 
contrast 
(kg/m3)

IBC layer 
thickness 
(km)

Heat 
production of 
urKREEP

ScenA_PT1200_E100

Adiabats 
with 
various T p

T p = 1200

No

100

323 30 in IBC

ScenA_PT1300_E100 T p = 1300
ScenA_PT1400_E100 T p = 1400
ScenA_PT1500_E100 T p = 1500
ScenA_PT1600_E100 T p = 1600
ScenA_PT1700_E100 T p = 1700
ScenA_PT1700_E100 T p = 1800
ScenA_PT1200_E300 T p = 1200

300

ScenA_PT1300_E300 T p = 1300
ScenA_PT1400_E300 T p = 1400
ScenA_PT1500_E300 T p = 1500
ScenA_PT1600_E300 T p = 1600
ScenA_PT1700_E300 T p = 1700
ScenA_PT1700_E300 T p = 1800

ScenB_10_1e-1_1deltarho_30km

Adiabat with 
T p = 1640 K 
+ solidus

L = 10 km, σ = 0.1

yes 300

323

30
in IBC

ScenB_15_1e-1_1deltarho_30km L = 15 km, σ = 0.1
ScenB_20_1e-1_1deltarho_30km L = 20 km, σ = 0.1
ScenB_10_1e-2_1deltarho_30km L = 10 km, σ = 0.01
ScenB_15_,1e-2_1deltarho_30km L = 15 km, σ = 0.01
ScenB_20_1e-2_1deltarho_30km L = 20 km, σ = 0.01
ScenB_15_1e-2_0deltarho_30km

L = 15 km, σ = 0.01

0
ScenB_15_1e-2_0.5deltarho_30km 161.5
ScenB_15_1e-2_1.5deltarho_30km 484.5
ScenB_15_1e-2_2deltarho_30km 646
ScenB_15_1e-2_1deltarho_50km

323
50

ScenB_15_1e-2_1deltarho_100km 100
ScenB_15_1e-2_1deltarho_30km_crust 30 in crust

Fig. 1. Left: initial configuration of the material composition of all models (for details see Table 2). Middle: Scenario A initial temperature profiles using adiabats of varying 
potential temperatures. Right: Scenario B initial temperatures of L = 15 km, α = 0.1 and 0.01. Note that the two profiles of different viscosity contrasts differ only at 
40–65 km depth. Below the hot layer, the initial temperatures are composed of the peridotite solidus, and an adiabat with T p = 1640 K. The lower inset is time evolution 
of profile with L = 15 km and α = 0.01, showing the transient nature of the hot layer. (For interpretation of the colours in the figure(s), the reader is referred to the web 
version of this article.)
50km and ScenB_15_1e-2_ 1deltarho_100km (Table 3) test the ef-
fects of such a “diluted” IBC layer of 50 km and 100 km thickness, 
respectively. The extra mass and heat production of the original 
IBC layer is homogeneously and volumetrically redistributed in the 
corresponding thicker layers.

For all models described above we assume that all radio-
genic elements of the urKREEP layer follow the IBC. If instead 
they become part of the crust, heat loss from the surface would 
tend to be faster, and the IBC would benefit less from a high 
heating rate. The effect of the distribution of heat production is 
tested by comparing the model in which the urKREEP layer heat 
production is entirely uniformly distributed in the IBC (model 
ScenB_15_1e-2_1deltarho_30km) with a model where heat pro-
duction remains in the crust (model ScenB_15_1e-2_1deltarho_
30km_crust). Model ScenB_15_1e-2_1deltarho_30km_crust uses 
the same initial temperature and density contrast (δρ = 323 
kg/m3) as model ScenB_15_1e-2_1deltarho_30km (Table 3).

3. Results

Figs. 3 and 4 give selected snapshots of modelling results from 
the reference model ScenB_15_1e-2_1deltarho_30km of Scenario B. 
Fig. 3 shows 2-D snapshots of composition, at various stages of 
the IBC overturn. The left column highlights the evolution of IBC. 
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Fig. 2. Representative initial viscosity profiles used in this study, compared to pre-
vious numerical models (Laneuville et al., 2013; Zhang et al., 2013; Ziethe et al., 
2009) and recent experimental results (Dygert et al., 2016). Model descriptions of 
this study can be found in Table 3. The viscosity range from Dygert et al. (2016) cor-
responds to the viscosity range of 5% ilmenite content at 1200 ◦C for the isostress 
and Tullis model (see their Fig. 4).

The colour scale shows the concentration of materials coming from 
the original IBC layer in the initial condition. The middle and right 
columns show mass concentrations of materials from the two lay-
ers originally below IBC (Fig. 1, left). For clarity, only one material 
component is shown in each plot. At 6 Myr after the start of the 
models, IBC diapirs have started to reach the deeper mantle. After 
100 Myr, a layer of IBC have settled at the bottom of the mantle.

Fig. 4 shows the vertical distribution of IBC fractional content 
calculated from the type of snapshots shown in Fig. 3. The con-
tent value is cumulative, from the surface down to the core–mantle 
boundary. As the overturn progresses, more IBC content moves to 
deeper regions. Just underneath the crust, there is a fast increase 
of IBC content with depth. As the IBC diapirs sink into the man-
tle, the heat in the partially molten urKREEP dissipates away, and 
the thickness of the surface thermal boundary layer (lithosphere) 
increases. At 8 Myr, for example, this rate of increase has a clear 
change at ∼100 km depth, which marks the lower boundary of 
the lithosphere. Within a few hundred Myr, the amount of IBC that 
stay within the lithosphere reaches a steady level. This marks the 
end of the sinking of IBC (last row of Fig. 3). In the case of model 
ScenB_15_1e-2_ 1deltarho_30km, about 32% of the IBC remain at 
shallow depth. This value does not change in the next hundreds 
of million years but slightly increases by a few percent at billion-
year scale as the lithosphere thickens and catches more IBC to be 
“frozen” into it.

In the remainder of this paper, results are presented in terms of 
the percentage of IBC that participate in the overturn (“IBC%”) as a 
function of various parameters. This IBC% is calculated at the depth 
of maximum curvature in plots such as those shown in Fig. 4. This 
is where the rate of increase of IBC content with depth has the 
sharpest change, implying the lower boundary of the lithosphere. 
The precise depth at which this value occurs differs from model to 
model, but it is roughly 100 km below surface.
3.1. Scenario A: IBC overturn when magma ocean is fully solidified

Results of this set of models are summarized in Fig. 5a. The 
horizontal axis corresponds to the potential temperatures of the 
adiabatic initial temperature profiles (Section 2.4.1). When E∗ =
300 kJ mol−1 is used in the Arrhenius viscosity model, IBC% is 0 
for potential temperatures T p lower than 1300 K. At T p of 1400 K, 
1500 K and 1600 K, IBC % increases rapidly from 14% to 55% and to 
79%, respectively. When E∗ = 100 kJ mol−1, the temperature de-
pendence of viscosity is low, viscosity calculated from Equation (6)
is lower, and IBC% is higher. Although IBC% is 0 at T p = 1000 K, it 
increases to 38% and 57% at T p = 1100 K and T p = 1200 K.

3.2. Scenario B: IBC overturn when urKREEP is still partially molten

3.2.1. Effect of urKREEP layer weakening
Fig. 5b shows results of Scenario B models with a partially 

molten urKREEP layer (Section 2.4.2). IBC% increases with both 
layer thickness and layer viscosity contrast, due to the lowered 
local viscosity in the partially molten layer. For all parameter com-
binations that simulate the urKREEP layer, IBC% ranges from 51 to 
74. Without the hot layers simulating urKREEP, the initial temper-
ature used in Scenario B models is around 1450 K at the depths 
of the IBC, comparable to model ScenA_PT1400_E300 whose IBC% 
is less than 20. When the effect of a weak urKREEP layer is simu-
lated, IBC% more than doubles.

Our results show that the local thermal anomaly in the hot 
layer disappears from the temperature field within the first 10 Myr 
as its heat dissipates away (Fig. 1, right plot, lower inset). The over-
turn timescale (Fig. 4) is an order of magnitude higher. This means 
that even if the partial melt in urKREEP was present in only the 
beginning of the overturn process, within 10 Myr after the solidifi-
cation of IBC, it would have played a key role in facilitating mantle 
overturn.

3.2.2. Effect of density contrast of the IBC layer
Results of varying the IBC density contrasts, applied to the 

reference model ScenB_15_1e-2_1deltarho_30km, are shown in 
Fig. 5c. IBC% range from 49 to 77. As expected, higher density in 
the IBC results in higher IBC%. The effect of δρ decreases with in-
creasing δρ . Between density contrast of 0 and 2δρ , IBC% can have 
a difference of 28. This is an effect similar in magnitude to that of 
the urKREEP parameters in Section 3.2.1.

3.2.3. Effect of IBC layer thickness
Results of Models ScenB_15_1e-2_1deltarho_50km and ScenB_

15_1e-2_1deltarho_100km are shown in Fig. 5d. IBC% increases 
with IBC thickness from 70% at 50 km to 82% at 100 km. Even 
though density contrast decreases with IBC thickness, IBC sink-
ing is still mildly facilitated by layer thickness due to the greater 
depths to which IBC are distributed.

3.2.4. Effect of radiogenic heat distribution
Our models show that the extent to which urKREEP, with 

its high abundance of radiogenic heat-producing elements, is as-
sumed to be incorporated into IBC during IBC sinking does not 
have much effect on the amount of IBC sinking. There is only 
5% difference in IBC sinking percentage between adding all heat-
ing in the urKREEP layer to the IBC layer (Fig. 5b), as in model 
ScenB_15_1e-2_ 1deltarho_30km (IBC% = 71) and leaving all this 
heating in the crust (model ScenB_15_1e-2_1deltarho_30km_crust, 
IBC% = 66).

3.2.5. Effect of variable thermal conductivity
When model ScenB_15_1e-2_1deltarho_30km is run with a uni-

form thermal conductivity k = 4 W m−1 K−1 in the mantle and 
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Fig. 3. Left: concentration of material from the original IBC layer in model ScenB_15_1e-2_1deltarho_30km. Middle and right: concentration of material from the two layers, 
III and IV defined in Table 2, originally below IBC in model ScenB_15_1e-2_1deltarho_30km.
Fig. 4. Evolution of normalised vertical distribution of IBC in model 
ScenB_15_1e-2_1deltarho_30km.

the crust, it gives an IBC% of 16, far less than the 71 predicted by 
model ScenB_15_1e-2_1deltarho_30km. When a uniform kcrust =
4 W m−1 K−1 is used with a variable kmantle(P , T ), IBC% = 22, 
showing that most of the insulating effects come from the crust. 
Plagioclase, combined with the porous megaregolith and regolith 
layers in the crust, modelled by a crustal conductivity kcrust =
1 W m−1 K−1, promotes the sinking of IBC by delaying conductive 
cooling and growth of the lithosphere.
3.3. Present-day melt percentage in deep mantle

To investigate possible long-term consequences of IBC over-
turn, we extended models ScenB_15_1e-2_1deltarho_30km and 
ScenB_15_1e-2_1deltarho_30km_crust (Section 3.2.4) so that their 
thermo-chemical evolution can be tracked up to the present day. 
In our view these two models have initial parameters most repre-
sentative for early lunar conditions. They use E∗ = 300 kJ mol−1 in 
their viscosity, and a density contrast of δρ = 323 kg m−3, cor-
responding to 11% ilmenite content close to the likely ilmenite 
content of the IBC on the basis of LMO crystallization models 
(Snyder et al., 1992; Lin et al., 2017). They also represent two end-
member cases, where either all of urKREEP heat production follows 
IBC (ScenB_15_1e-2_1deltarho_30km) or all of urKREEP stays with 
the crust (ScenB_15_1e-2_1deltarho_30km_crust).

Present-day temperatures of both models are below the peri-
dotite solidus, but to assess whether these models can yield areas 
of partial melting at present, solidi of individual cumulates must 
be considered. Here we only consider the melting of ilmenite-
bearing materials, which yield the lowest melting temperatures in 
the lunar mantle. Using the 2-D temperature fields of these two 
models, we assess present-day melting in the deep lunar mantle 
by comparing them to the solidus and liquidus of ilmenite-bearing 
materials measured experimentally at 2–4.7 GPa (Wyatt, 1977). 
Wyatt’s results do not cover pressures below 2 GPa, but they are 
suitable for our analysis of melting behaviour in the deep man-
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Fig. 5. Summary of results. Panel (a) presents results of Scenario A models, whereas panels (b), (c) and (d) show those of Scenario B models. Results in (b) demonstrate the 
effect of urKREEP layer weakening and thickness. Those in (c) show effects of density contrast. (d) shows effects of IBC layer thickness. Models in (c) and (d) use L = 15 km 
and σ = 0.01. δρ is 323 kg/m3 in all models except when δρ is tested in (c) models. IBC layer thickness is 30 km except when it is tested in (d) models. Green lines in 
(a) indicate the initial temperatures most relevant to the early Moon, based on the solidi of peridotite and IBC (Lin et al., 2017). Green lines in (c) indicate density contrasts 
most relevant to the Moon. The upper boundary corresponds to the density contrast derived from experimental results (Lin et al., 2017). The lower boundary corresponds to 
a “diluted” IBC layer of 100 km, assuming early IBC cumulates sink to a distance of 80 km during the full solidification of IBC (Hess and Parmentier, 1995).
tle as that is the region where partial melt may be present in the 
Moon today (e.g. Weber et al., 2011; van Kan Parker et al., 2012). 
At 4.7 GPa, the solidus is 1470 ◦C, while the liquidus is 1620 ◦C. 
Both the solidus and liquidus increase with increasing pressure 
with a slope of 60 ◦C/GPa. A linear increase of melt percentage 
is assumed at temperatures between solidus and liquidus. Melt 
percentages are scaled by the concentration of IBC in the local 
environment, so that, for example, in an area containing 40% IBC 
at a temperature halfway between the solidus and liquidus of the 
corresponding pressure, the melt percentage of the local region is 
assumed to be 20%.

Results are displayed in Fig. 6. From the melt percentage plots 
(middle and lower rows), we can see that model ScenB_15_1e-2_
1deltarho_30km predicts a present-day partially molten region 
in the bottom 30–50 km of the mantle. Model ScenB_15_1e-2_
1deltarho_30km_crust, on the other hand, predicts a ∼150 km 
thick partially molten layer above the core–mantle boundary. This 
region has a volumetric average of ∼25% melt.

4. Discussion

Our results show that IBC% is strongly influenced by a range 
of physical parameters, and also the relative timescales of pro-
cesses. If IBC overturn occurred after the entire solidification of 
the magma ocean, the lithosphere grows rapidly, IBC tend to be 
“frozen” in the highly viscous lithosphere before sufficient time 
has elapsed to start the sinking. This is only likely when the 
magma ocean solidified within 10 Myr, which corresponds to 
the lower bound of current estimates (Elkins-Tanton et al., 2011;
Perera et al., 2018). This short timeframe is an order of magnitude 
lower than the difference, albeit debated, between the age of the 
Moon (at least ∼4.51 Ga, Barboni et al., 2017) and the observed 
age of the lunar crust (∼4.36 Ga, e.g. Borg et al., 2011). On the 
other hand, if the urKREEP layer stays in a high-melt-percentage 
state long enough, it would facilitate IBC overturn. Recent rheo-
logical measurements (Dygert et al., 2017) indicate low viscosity 
of relevant magma ocean melt, suggesting that younger portions 
of the crust segregated efficiently out of the liquid. Together with 
the plausible long timescale of LMO solidification (Solomon and 
Longhi, 1977; Hess and Parmentier, 1995), this makes it likely that 
the low viscosity of partially molten urKREEP facilitated IBC sink-
ing.

Based on our results, the most important factors governing the 
extent of the participation of IBC in overturn are urKREEP layer 
weakening, low thermal conductivity of the crust, initial temper-
atures in the region of the IBC, and the temperature dependence 
of viscosity. All of these factors boil down to the viscosity in the 
vicinity of the IBC layer.

4.1. IBC overturn at full solidification of the magma ocean

Models starting with an entirely solidified magma ocean show 
that IBC tend not to participate in overturn, using E∗ = 300
kJ mol−1. According to Lin et al. (2017), IBC are formed at 
0.4 GPa, when 90% of the magma ocean has solidified. At such 
pressure conditions, the solidus of peridotite is around 1460 K 
(Hirschmann, 2000). The solidus of IBC is less than 100 K lower 
than that of peridotite at the depth of the IBC layer (Lin et al., 
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Fig. 6. Top: snapshots of IBC concentration at 4.5 Gyr, representing the present day. Middle: corresponding melt percentages at 4.5 Gyr. Bottom: horizontal averages of melt 
percentages showing the vertical distributions of present-day melt. The green bands show the depth of the partial melt boundary estimated by Weber et al. (2011). Left: 
model ScenB_15_1e-2_1deltarho_30km_crust. Right: ScenB_15_1e-2_1deltarho_30km.
2017). These solidus temperatures are comparable to an adia-
bat with a potential temperature of 1400 K at IBC depth. This 
means that, to model solidified IBC, initial temperatures can-
not exceed the adiabat of potential temperature 1400 K. Based 
on our results in Section 3.1 (Fig. 5a), when the experimen-
tally determined activation energy of 300 kJ mol−1 is used, less 
than 20% IBC would participate in convective overturn. Only 
Newtonian rheology is considered in our models. Christensen
(1984) suggested that power-law rheology can be approximated 
by a reduced activation energy in Newtonian rheology. This im-
plies that power-law rheology can potentially lower local vis-
cosity and facilitate IBC sinking. Our results indicate that when 
power-law rheology is approximated by assuming a lower E∗ =
100 kJ mol−1, IBC% is higher than 80%, more than 4 times 
higher than that assuming Newtonian rheology at E∗ = 300 kJ
mol−1.
4.2. IBC overturn with partially molten magma ocean residue

When a partially molten urKREEP layer is modelled, and when 
only considering parameter values that lie within a realistic range, 
IBC% vary between 50 and 70. It is important to note that the 
amount of IBC sinking is never 100%; some of the IBC always 
remain at shallow levels. The detailed parameterization of the par-
tially molten urKREEP layer includes the thickness of the urKREEP 
layer and the viscosity of the material, the latter representing fac-
tors such as the degree of melting. These factors involve many 
uncertainties, which influence IBC% to a moderate extent. Den-
sity contrast was tested over a wide range, representing from 0 
to 22% ilmenite in IBC, or a Mg# of 75–80 with 11% ilmenite con-
tent. When density contrasts are low, an increase of the modal 
abundance of ilmenite by 5% results in an increase of IBC% by 
∼10%. When ilmenite content is higher than 11%, the effect of 
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density contrast is smaller, due to other stronger factors such as 
the growth of the lithosphere. The effect of any realistic density 
contrast on IBC% is less than 20%. The viscosity contrast and thick-
ness of the partially molten urKREEP, and the density contrast, are 
secondary factors that influence IBC overturn. When the IBC layer 
thickness is higher due to the growth of sinking diapirs during the 
solidification of IBC, further sinking is facilitated due to the redis-
tribution of IBC to greater, thus warmer and less viscous, depths. 
This process increases IBC% by ∼10%. The distribution of urKREEP 
heat-producing elements between the crust and the IBC has little 
effect on IBC%.

Dygert et al.’s rheological experiments (2016) show that il-
menite has an effective viscosity at least three orders of magni-
tude lower than that of olivine, and thereby weakens the dense 
ilmenite-bearing cumulates, facilitating sinking. Lin et al.’s (2017)
experiments show that the IBC contain about 15% ilmenite. This 
means that the IBC would have at least one order of magnitude 
lower viscosity than the harzburgitic lunar mantle (Dygert et al., 
2016). This effect may reach 3 orders of magnitude in the isostress 
mixing model, even for 5% ilmenite content. Such a low IBC viscos-
ity would result in higher IBC%, similar to the effect of the partially 
molten urKREEP layer. On the other hand, the peridotite solidus is 
used in our Scenario B initial temperatures. Since the IBC have a 
solidus within 100 K lower at its original depth, sub-solidus evo-
lution of the IBC may have started at a lower temperature. This 
would decrease IBC sinking by roughly 10%.

4.3. Long-term consequences of IBC overturn

4.3.1. Distribution of urKREEP heat production and the present-day 
partially molten zone above the lunar core

Model ScenB_15_1e-2_1deltarho_30km_crust is arguably the 
model closest to reality. Since urKREEP has a low solidus and 
contains high quantities of heat-producing elements, it was very 
likely in a partially molten state when IBC solidified. As long as 
urKREEP remains at low viscosity for a few Myr after solidifica-
tion of IBC, it would strongly facilitate IBC overturn. Since the 
IBC are only likely to sink in large quantities when the urKREEP 
is still partially molten and buoyant, the proportion of urKREEP 
heat-producing elements that IBC can carry down is likely not 
high. Indeed, our model assuming urKREEP heat production stay-
ing under the crust (model ScenB_15_1e-2_1deltarho_30km_crust) 
predicts present-day partial melt in the lunar lower mantle that 
is in better agreement with geophysical observations than the 
model assuming urKREEP heat production sinking with IBC (model 
ScenB_15_1e-2_1deltarho_30km). Therefore urKREEP was likely 
partially molten during IBC overturn, and mostly remained at shal-
low depths. Even though in model ScenB_15_1e-2_1deltarho_30km, 
slightly more IBC sink into the mantle due to additional heat 
production in the IBC layer, it predicts less partial melt from 
foundered IBC and a smaller partially molten region in the present 
day. The reason can be found in the IBC concentration plots 
(upper row of Fig. 6). The additional heat production in the 
foundered IBC helps them to stay thermally buoyant enough 
to participate in convection, instead of forming a stable layer 
at the core–mantle boundary. If the present-day partial melt in 
the lunar deeper mantle is indeed due to the foundered IBC 
from LMO cumulates, it would imply that solid-state convection 
started before the LMO was entirely solidified. This may help con-
strain the duration of LMO solidification (Maurice et al., 2017;
Boukaré et al., 2018). It would also mean that most of the urKREEP 
likely stayed in the lithosphere.
4.3.2. Present-day distribution of ilmenite-rich compositions and its 
implications

Based on our model results, present-day IBC are partially locked 
up in the lithosphere and partially form a stable layer above the 
core–mantle boundary. Model ScenB_15_1e-2_1deltarho_30km_
crust concours with Zhang et al. (2017) in that foundered IBC 
tend to stay at the bottom of the mantle throughout lunar evo-
lution. This means that it is hard to explain the chemistry of 
near-side volcanism by a deep rising plume from the lower 
mantle that carries up foundered IBC. Our Model ScenB_15_
1e-2_1deltarho_30km_crust disagrees with Stegman and Richards 
(2003) model TB-2, where foundered IBC rise up in a secondary 
overturn, driving an episode of lunar dynamo. This disagreement 
is mainly due to the low density contrast used in Stegman et 
al.’s model. In all our models, small pockets of IBC are still left 
close to their original shallow formation depth, even when most 
of the IBC sink down. These reservoirs vary in size depending 
on the percentage of IBC that remain in the lithosphere. This 
means that any rising partial melt from below the lithosphere 
has the possibility to assimilate ilmenite-rich materials left behind 
by IBC overturn, consistent with an assimilation scenario for the 
formation of high-titanium magmas (Hubbard and Minear, 1975;
Wagner and Grove, 1997; Elkins-Tanton et al., 2002; Dygert et al., 
2013).

A stable layer of IBC at the core–mantle boundary inhibits heat 
extraction from the outer core through a blanketing effect. Without 
IBC rising back up, the lunar dynamo cannot be explained by the 
secondary overturn that brings cold materials down.

4.4. Wavelength of sinking IBC diapirs

When IBC layer thickness is kept at 30 km, our models show 
IBC overturn at wavelengths of ∼400 km. This wavelength is in-
creased to >600 km when IBC layer thickness is 100 km. This is 
consistent with the stability analysis of Parmentier et al. (2002), 
which showed that wavelength of the fastest-growing IBC diapirs 
increases with layer thickness and viscosity contrast. Parmentier et 
al. (2002) observed a degree-one downwelling when the IBC have 
a viscosity four orders of magnitude lower than that of the layer 
below. This level of viscosity contrast may be achieved when con-
sidering the combined effect of the low viscosity of IBC and partial 
melt and/or presence of water (Dygert et al., 2016).

5. Conclusions and implications

Participation of ilmenite-bearing cumulates (IBC) in mantle 
overturn is highly sensitive to their viscosity and the viscosity 
of the surrounding layers. Parameters that have a first-order in-
fluence on IBC sinking are initial temperature in the region of 
IBC and the temperature dependence of viscosity, the presence 
of a partially molten urKREEP layer, and an insulating crust with 
low thermal conductivity. Second-order influences come from the 
thickness and degree of melting of the partially molten urKREEP, 
density contrast between IBC and the layer below, and IBC layer 
thickness. IBC overturn most likely happened when the urKREEP 
layer was still partially molten, with 50–70% of the original IBC 
layer sinking down. Participation of urKREEP in IBC sinking is un-
likely. Some of the IBC would always remain at shallow levels, 
making it possible for rising partial melt to assimilate the Ti-
rich composition. Foundered IBC would likely form a stable layer 
at the core–mantle boundary. This could explain the presence of 
present-day partially molten lower lunar mantle, but complicates 
explanations for the generation and maintenance of the lunar dy-
namo.
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