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Chapter 1 

Introduction 

The theory of plate tectonics gives a good first order description of the kinematics 
of the outer shell of the earth. Massive amounts of evidence show that this shell 
consists of large rigid plates moving with relative velocities whicn are accommo
dated along plate boundaries. After the concept of plate tectonics had generally 
been accepted in the late sixties, it was recognized that the plates are not complete
ly rigid and that intraplate deformation was an important second order deviation 
from the original plate tectonics theory. Attempts were made to make a smaller 
subdivision of rigid domains ("microplates"), but apart from giving a better fit to 
surface velocity data, little insight was gained from this. Deformation of the plates 
is an important ingredient of a continuously changing face of the earth. 

Internal deformation occurs predominantly within continental parts of the plates. 
Oceanic lithosphere exhibits a more rigid behavior with deformation localized 
along its plate boundaries. Thickening and mountain building associated with col
liding oceanic and continental plates typically occurs on the continental side of the 
subduction zone, not on the oceanic side. Extension and rift formation is mostly 
confined to continental lithosphere. The Rhine Graben, the East African Rift Zone 
and the North Sea are well-known examples of extended regions in interior parts of 
the continental lithosphere. Basins on the continental side of plate boundaries are, 
for instance, the Aegean Sea and the Basin and Range Province. 

This thesis focuses on extension of continental lithosphere. In the geological 
history, oceanic ridges have been subdueted or have become inactive. For a contin
ued operation of plate tectonics new ridges were necessary. 'JYpically, oceanic 
ridges form by spreading and breakup of continental lithosphere. Extension does 
not necessarily lead to continental breakup; many sedimentary basins on the conti
nentallithosphere have been formed as a result of subsidence after extension. The 
economic importance of sedimentary basins is enormous; most of the hydrocarbon 
reserves are located within sedimentary basins. Understanding the mechanisms of 
continental extension therefore has both scientific and economic significance. 
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KINEMATICS OF ExTENSION 

Extension and sedimentary basin formation is accompanied by vertical surface 
movements. Historically, it was this aspect of sedimentary basins that was actively 
studied and for which explanations were sought. A typical Neptunian theory of the 
seventeenth century was proposed by Steno (1669), who suggested that karst for
mation processes were the cause of vertical movements. Hutton (1788) established 
the operation of the sedimentary cycle and, after introduction of the concept of 
isostasy (Airy, 1855; Pratt, 1855) it was recognized that thermal processes and den
sity changes associated with phase changes (e.g. Bowie, 1927) might well produce 
vertical movements on the order of kilometers, and depressions where sediments 
could be deposited in. The first significant study in the modem plate tectonics era 
in this respect was done by Sleep (1971), who incorporated the thermal decay with 
time of basin subsidence. Sleep proposed that erosion of a thermally uplifted bulge 
was the cause of subsequent basin formation. The weak point of this model was a 
lack of observations in support of massive erosion before subsidence. A very im
portant study was that of ~engor and Burke (1978), who recognized two end
members of rifting: "active" rifting, in which rifting is a result of mantle convec
tion, and "passive" rifting, in which rifting is a response to intraplate stresses result
ing from plate boundary processes. A feature common to most rifts is volcanism, 
and ~engor and Burke (1978) identified the expected sequence of events for active 
rifting as doming-volcanism-rifting, and as rifting-volcanism for passive rifting. 
They concluded that, at present, passive rifting is "by far more widespread" than 
active rifting. 

McKenzie (1978) published "some remarks on the development of sedimentary 
basins". In his model he investigated the thermal and subsidence evolution of litho
sphere that had been uniformly thinned (Figure 1). Thinning is assumed to occur 
by pure shear (Le. coaxial deformation), and the model has become known as the 
"pure shear model" or "stretching model". With his pure shear model, McKenzie 
did not propose a physical mechanism for continental extension, but a description 
of a geometry that did explain observations of heat flow and subsidence data in 
many sedimentary basins. On the basis of geological observations in the Basin and 
Range Province, Wernicke (1981) proposed that extension of continental litho
sphere occurs on a single, gently dipping, lithosphere-cutting fault l (Figure 2). 
Thinning occurs by simple shear along a fault with a normal sense of movement, 
and this model is often referred to as the "normal simple shear model" or "simple 

1.	 I will use the term "fault" in a very loose way as a zone in which deformation is localized to 
some extent. In this definition. deformation may occur by both brittle and by ductile processes. 
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Fig. 1. The pure shear model, or stretching model (McKenzie, 1978a). At 
t =0, continental lithosphere is extended by a factor p. Initially, the litho
sphere was in thermal equilibrium, but after stretching the geotherm has 
advected. Subsequent cooling is put forward as an explanation of the thermal 
subsidence observed in sedimentary basins. 

shear model". Like the pure shear model, the simple shear model has a descriptive 
nature and is not a mechanism of extension. Before turning to dynamical models 
and mechanisms of continental extension, the pure shear and simple shear model 
will be described more extensively, together with the observations in support of 
each of the models. We will discuss the results from studies that aimed at discrimi
nating pure shear from simple shear models on the basis of observations. 

Pure shear model 

The pure shear model was originally proposed by Artemjev and Artyushkov 
(1971) for the Baikal Rift (see also Salveson, 1978). McKenzie's (1978) extension 
of the model reconciled observations of post-rifting thermal decay with its tectonic 
origin. In his model, McKenzie quantitatively explained the subsidence and heat 
flow following a tectonic phase of instantaneous and uniform thinning. Given the 
conceptual simplicity of the pure shear model and its good fit to observations of 
subsidence and heat flow, the model has become very popular (Sc1ater and Christie, 
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1980; Le Pichon and Sibuet, 1981; Barton and Wood, 1984; and numerous other 
papers). 

Subsequent studies have investigated the sensitivity of the results to various 
model assumptions. For instance, Jarvis and McKenzie (1980) focused on the ef
fects of finite stretching rates. They concluded that the instantaneous stretching is a 
good approximation if the extension phase lasts less than 20 Ma (million years). 
Issler and Beaumont (1987) investigated the thermal blanketing effect of the sedi
mentary basin fill. The essentially one-dimensional stretching model was general
ized to two dimensions, to investigate the effects of lateral heat conduction (Steck
ler, 1981; Cochran, 1983; Alvarez et al., 1984) from beneath the basin center to the 
colder flanks. Lateral heat conduction was put forward as an explanation for the 
often very impressive rift shoulders that flank major rift zones. Other mechanisms 
to explain the flank uplifts associated with lithospheric extension were proposed; 
magma intrusions (McKenzie, 1984), secondary convection (Steckler, 1985; Keen, 
1985; Buck, 1986; Moretti and Froidevaux, 1986) and erosion (Garfunkel, 1988). 
A simple physical explanation for rift shoulder uplifts was given by Braun and 
Beaumont (l989c), who do not assume, like in the original stretching model, that 
syn-tectonic uplifts are completely locally compensated. They showed that the 
lithosphere retains some flexural strength during rifting and rift flank uplifts are 
caused by residual buoyancy forces. 

Simple shear model 

Wernicke (1981) proposed that crustal extension in the Basin and Range 
Province of the western United States is predominantly accommodated along one, 
or a few, gently dipping normal faults. These detachment faults penetrate the conti
nental crust and "perhaps the mantle". Lithospheric extension accommodated 
along a gently dipping fault provides a simple mechanism to exhume lower crustal 
rocks which are observed in metamorphic core complexes. In metamorphic core 
complexes, lower crustal rocks have been dragged from beneath extended upper 
crustal rocks along gently dipping normal faults of large areal extent (Crittenden et 
al., 1980). The pertinent observations which form the basis of the simple shear 
model are; (1) slip along dominant faults is of normal type, indicating that they ac
commodate extension, (2) lower block rocks are largely undeformed and (3) very 
large amounts of fault slip have been accommodated. Reflection profiling data in 
the Sevier Desert area (Utah, Western United States) (Allmendinger et al., 1983; 
see also Allmendinger et al., 1987) show a single, gently dipping reflector that can 
be traced to a depth of 12 to 15 km. Normal offsets along the interpreted fault are 
about 30 to 60 kIn. A last argument in favor of the simple shear model is (4) the 
observation of pronounced asymmetries in half-graben complexes. 
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Fig. 2. The normal simple shear model, or detachment model (Wernicke, 1985). 

Wernicke (1985) introduced the concept of "discrepant zones" (Figure 2) to shed 
light onto the downward continuation of crustal detachments into the mantle. By 
comparing Moho depths obtained from seismic and gravity data with surface obser
vations of extension, Wernicke noted that, in the Basin and Range, there is a hori
zontal offset (a discrepant zone) between the point of onset of Moho uplift and the 
location where significant crustal thinning starts. Discrepant zones in the Basin 
and Range can be up to 100 kID wide and are an important indication for mantle 
thinning that is laterally offset from crustal thinning as a result of a whole litho
sphere-cutting fault. Wernicke (1985) proposed that the asymmetric uplift pattern 
in the Basin and Range Province and the Red Sea rift zone, and the occurrence of 
volcanism on only one side of the Red Sea rift are caused by a lithosphere-cutting 
detachment fault. 

The simple shear model has been applied in many sedimentary basins and at pas
sive continental margins. Beach (1986) proposed that extension in the North Sea 
Basin is accommodated along a major detachment. In the Aegean Sea, Lister et al. 
(1984) find geological evidence in support of the detachment model. Many of the 
structural features of passive continental margins could be explained in terms of a 
simple shear model by Lister et al. (1986). 

From a study in actively extending regions, Jackson (1987) concluded that fault 
planes that dip less than 30° are seismically inactive in most cases. This observa
tion was confirmed by a regional seismicity study in the Basin and Range Province 
by Arabasz and Julander (1986). Apparently, these observations are inconsistent 
with the simple shear model, which requires significant extension along gently dip
ping faults. One solution is that the fault plane rotates during extension (Jackson, 
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1987; Wernicke and Axen, 1988) and becomes inactive. Wernicke and Axen 
(1988) noted, however, that there is evidence for gently dipping faults which are 
still active. On the basis of paleomagnetic data, Livaccari et al. (1993) showed that 
footwall blocks which are now exposed in metamorphic core complexes in the 
Basin and Range Province, did not undergo significant amounts of tilting. They 
concluded that the master detachment fault was active as a low-angle extensional 
structure. Another, yet simpler solution is that detachment faults are very weak 
features. Given the large amount of strain that is accommodated along detachment 
faults, strain softening processes are very likely to occur. 

Mixed models 

One ofthe major assumptions in McKenzie's (1978) pure shear model, that the 
strain during extension and rifting is uniform with depth, was questioned immedi
ately after the model was proposed. Sclater and Christie (1980) and Royden and 
Keen (1980) found evidence that crustal extension and initial subsidence are much 
less than that predicted by the pure shear model on the basis of thermal subsidence. 
In other words, the thermal subsidence is greater than that predicted from the ob
served crustal extension. To account for these observations, a two-layer model was 
proposed with less crustal thinning than mantle thinning. Differential thinning of 
crust and mantle would be accommodated by slip along the Moho, which was pre
sumed to be the brittle-ductile transition (Royden and Keen, 1980; Hellinger and 
Sclater, 1983; Rowley and Sahagian, 1986; Gans, 1987). 

In concen with Kusznir and Mathews (1988), Kusznir and Egan (1989) argued 
that no seismic reflection study establishes a fault which unequivocally passes con
tinuously into the mantle. Therefore, they investigated the uplift and sedimentation 
signals of a continental extension model in which the crust deforms by simple 
shear along a fault and by pure shear in the ductile mantle (see also Lister and 
Davis, 1989). 

The simple shear model of Wernicke (1981) and the pure shear model of 
McKenzie (1978) represent end-members on a scale of shear localization; in the 
simple shear model the strain is completely localized along a lithosphere-cutting 
fault, in the pure shear model the strain is completely uniform with depth. The 
multiple layer stretching models and mixed simple/pure shear models are interme
diate derivatives. 
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Discrimination studies 

After the pure shear model and the simple shear model had been proposed, 
workers started to classify specific basins as due to either pure shear or to simple 
shear. For instance, Beach (1986) concluded from seismic reflection data that the 
dominant mode of extension in the North Sea Basin is simple shear. Barton and 
Wood (1984) explained the subsidence data in the North Sea Basin in terms of the 
pure shear model. Furlong and Londe (1986) were amongst the first to recognize 
the need for data on the basis of which the two models could be discriminated. 
They investigated the thermal, gravity and uplift consequences of both pure and 
simple shear models, to find that, more than 15 Ma after an extension phase, none 
of these geophysical signals are sufficiently different to be useful as a discriminat
ing tool (see also, Kusznir et al., 1987; Buck et al., 1988; Voorhoeve and House
man, 1988; Wang et al., 1989; White, 1989). The work of Ruppel et al. (1988) and 
Issler et al. (1989) indicated that P-T-t data, sedimentary data and fission track data 
might be used to discriminate between basin forming mechanisms in older basins. 
In younger basins, surface uplift, heat flow and maturation data could be useful. 

An integral part of extension is that rocks are brought to shallower depths and, if 
the ascent is rapid enough. may (partially) melt as a result of decompression. Vol
canism and magmatic activity are therefore associated with most extended terrains. 
Buck et ai. (1988) concluded that the simple shear model is less efficient at gener
ating melts than the pure shear model. The reason for this discrepancy is that in the 
pure shear model, rocks rise with higher vertical velocities than in the simple shear 
model at an equivalent extension rate. Latin and White (1990) quantitatively irIVes
tigated adiabatic decompression melting in both the simple shear and the pure shear 
model. Based upon compiled, experimental batch-melting results (McKenzie and 
Bickle, 1988; Furlong and Fountain, 1986), their calculations indicated that it is 
very difficult to reconcile the observed amount and composition of magma in the 
North Sea with a simple shear mechanism. Also, the location of magmatic activity 
was concluded to disagree with a detachment model origin. 

PHYSICAL MECHANISMS OF ExTENSION 

The first study that addressed the dynamical characteristics of extension models 
was done by England (1983) (see also the modification to England's model pro
posed by Sawyer (1985». A one-dimensional uniform stretching model was used 
to quantify the forces required to initiate and maintain extension. In order to relate 
strains to stresses and forces, a rheology had to be assumed in these studies (as well 
as in any other dynamical model). Sawyer (1985) concluded that extension is hard
ly ever self-limiting and that all reasonable extension rates can lead to oceanization. 
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These studies have been very significant in that they established the idea that exten
sion and rifting are not necessarily preceded by a thermal pulse or any other pro
cess that considerably reduces the lithospheric strength, in accordance with the 
findings of ~engor and Burke (1978). Force modeling studies (Richter and 
McKenzie, 1978; Lister, 1975) and subsequent stress modeling (Wortel and Cloet
ingh, 1981; Cloetingh and Wortel, 1985) had shown that stresses of hundreds of 
MPa's are possible in the lithosphere. In chapter 2 of this thesis it will be shown 
that large magnitude stresses in oceanic plates are consistent with observations of 
seismicity. Driving forces for continental extension are therefore, in principle, 
available from lithospheric processes alone. This result is very important in subse
quent chapters of this thesis, when quantitative models of continental extension are 
investigated. The results from chapter 2 put upper limits on the magnitude of in
plane force boundary conditions that are applied in later chapters. 

It has long been recognized (e.g. Love, 1911; Artyushkov, 1973; Fleitout and 
Froidevaux, 1982) that thickened continental crust, although in isostatic equilibri
um, is not in mechanical equilibrium, in that it is in a state of tension. Observa
tions of normal faulting in highly (>3 km) elevated mountain belts (e.g. Dewey, 
1988; Mercier et al., 1987) support this argument. Potential energy increase as a 
mechanism for subsequent extension has been suggested for the Altiplano in the 
Andes (Dewey, 1988), for the Tibetan Plateau (England and McKenzie, 1982; 
Mercier et al., 1987), the Aegean Sea in the Mediterranean (McKenzie, 1972; 
Berckhemer, 1977; Le Pichon, 1983) and for the Basin and Range Province in the 
western United States (Coney, 1987; Wernicke et al., 1987; Sonder et al., 1987). 
Houseman and England (1986) presented a quantitative analysis of the effect of 
variations of the normal stress, associated with hot rising jets or sheets in the sub
lithospheric mantle, which acts on the base of continental lithosphere. Their two
dimensional model predicts instantaneous extension in the lithosphere as a result of 
impinging buoyant plumes. The potential energy increase of lithosphere that is up
lifted by the mantle plumes drives extension. Another source for a potential energy 
increase and subsequent extension was suggested by McKenzie (1978b), who pro
posed that (parts of) the mantle may detach from the lithosphere during thickening, 
and sink into the hotter, less dense asthenosphere. Supporting evidence for this 
mechanism was found by Houseman et al. (1981) from numerical convection ex
periments. Sonder et al. (1987) and Braun and Beaumont (l989b) quantitatively 
modeled post-detachment uplift and subsequent extension to explain observations 
of a time lag (Wernicke et al., 1987) between the end of continental thickening and 
the onset of significant extension in the Basin and Range Province. 
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Mechanisms controling the style ofcontinental extension 

A realistic assessment of the physical conditions which determine whether conti
nental extension will occur by pure shear or by simple shear is made in very few 
papers in the contemporary literature. Away from plate boundaries, total strain rates 
tend to be uniform with depth (Kusznir and Bott, 1977; chapter 3). It is shown in 
chapter 3 of this thesis that this result is not sensitive to the distribution with depth 
of plate boundary end loads. In other words, in the absence of significant mechani
cal heterogeneities, the normal mode of intraplate deformation as a result of in
plane forces is pure shear. 

Straightforward application of concepts from rock mechanics suggests that faults 
initiate in steeply dipping orientations in lithosphere in in-plane tension. This in
ference clearly disagrees with the observed low angle dip of detachments in exten
sional terrains. The suggestion that these faults would form at steeper dips and 
subsequently rotate during extension (Jackson, 1987) is consistent with rock me
chanical arguments. However, the metamorphic grade of exhumed lower block 
rocks is relatively constant in the Basin and Range, and precludes a steep origin of 
detachment faults (Lister and Davis, 1989). Also, on the basis of paleomagnetic 
data, Livaccari et al. (1993) showed that denudated footwall blocks in the Basin 
and Range Province did not tilt by significant amounts. Given the evidence in sup
port of (at least) crustal scale asymmetric extension, the natural question which 
arises is how extension according to the simple shear model is physically possible. 
It is the subject of this thesis to identify the physical conditions under which asym
metric behavior might be promoted. 

Initiation of lithosphere-scale faults 

Previous studies (Yin, 1987; Yin, 1989; Spencer and Chase, 1989) showed that 
stress trajectories in elastic bodies that are subject to combinations of stress bound
ary conditions, are consistent with the low-angle nature of detachment faults. Their 
choice for an elastic rheology was motivated by the large stresses that can be sup
ported near brittle-ductile transitions. For a more realistic rheology, it can be ex
pected that the upper crust, lower crust and mantle are decoup1ed by weak zones to 
some degree at specific geothermal gradients. In these cases, the results of Yin 
(1987; 1989) and Spencer and Chase (1989) can be interpreted to apply to these 
layers individually. However, the relevance of their models in the context of whole
lithosphere deformation is more difficult to determine. 

In an equally simplified rheological model, Melosh (1990) showed that principal 
stress trajectories flatten out in a low-viscosity layer beneath a strong layer contain
ing a (steeply dipping) normal fault. He argued that Yin (1989) and Spencer and 
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Chase (1989) need to invoke boundary conditions that derive from hidden sources, 
but in his model, Melosh (1990) invokes a disputable end load; basically, he as
sumes that the upper and lower crust ride along on an extending upper mantle. It is 
therefore clear from the onset that shear between crust and mantle is required. 

One mechanism for initiation of lithosphere scale asymmetric behavior would be 
that the lithospheric mantle and crust would boudinage during stretching (Martinod 
and Davy, 1992). Thinned zones in the crust and mantle would be horizontally off
set and link up into dipping zones of localized deformation. In chapter 4, this 
mechanism is investigated in the context of continental lithosphere that is thermally 
and mechanically close to equilibrium. Another mechanism for initiating litho
sphere scale asymmetries, which is studied in chapter 4, is a dramatic viscosity de
crease as a result of strain weakening. It is concluded that neither mechanism will 
lead to strain localization and initiation of lithosphere scale detachment faults in 
continental lithosphere that is thermally and mechanically close to equilibrium. 

Pre-existing weak zones 

It has been argued by various authors (e.g., Wilson, 1966; McConnell, 1972; 
Sykes, 1978; White et al., 1986; Wernicke and T1lke, 1989) that once lithosphere
scale faults or weak zones have been established, they will be re-activated in subse
quent tectonic phases. Most continental breaks tend to follow pre-existing weak 
trends, like suture zones and young orogenic belts. Older and stronger cratons are 
mostly unaffected by orogenic phases. Wilson (1966) noted that the Iapetus
Atlantic Ocean closed and subsequently opened along approximately the same su
ture line. The current pattern of rifting in East Africa follows Pre-Cambrian mobile 
belts (McConnell, 1972). In the Basin and Range Province it has been found that 
successive detachments which are observed at the surface, branch off from a master 
detachment fault at depth (Lister and Davis, 1989). This observation suggests that 
a gently dipping detachment fault, rooted in strong parts of the continental crust, 
controls the evolution of the extending crust. This is consistent with the view that 
major faults splay to the surface from dislocations in strong levels of the litho
sphere. More generally, in case of lithosphere-scale simple shear deformation, a 
low angle fault rooted in the strongest part of the lithosphere directly beneath the 
Moho, is considered likely to initiate an asymmetric mode of deformation. Wer
nicke and TIlke (1989) noted that "Once a structural asymmetry is established in 
the initial phase of rifting, it seems likely that it is expressed in some way through
out the extensional history of the system". Braun and Beaumont (1989a) and Dun
bar and Sawyer (1989) investigated the style of extension in continental lithosphere 
containing offset pre-existing weakness zones in the erost and mantle. They con
cluded that the weak lower crust may act as a level of decollement between crust 



21 Introduction 

and mantle. along which horizontally offset mantle and crustal weaknesses may 
linkup. 

Pre-existing weaknesses. whether related to earlier faults or perhaps to lithologi
cal heterogeneity. might indeed control the initiation of detachment faults. Howev
er. there is no evidence that this is always so; in regions where evidence exists for 
asymmetric extension, there is not always evidence for initiation along pre-existing 
weaknesses. Also. an explanation of detachment faults in terms of pre-existing 
weaknesses disregards the possible relation between a pre-extension thickening pe
riod and subsequent asymmetric extension. as was suggested by Coney (1987) for 
the Basin and Range Province. A similar relation might exist between thickening 
related to the Alpine closing of the Tethys Sea and subsequent asymmetric exten
sion in the Aegean Sea of Greece (Lee and Lister. 1992). The work presented in 
chapters 4. 5. 6 and 7 focuses on the initial stages of continental extension. when 
the conditions for subsequent symmetric or asymmetric behavior are created. 
Rather than investigating the effects of pre-existing weaknesses. I investigate the 
influence of various tectonic scenarios on the evolution of continental lithosphere 
not containing large scale defects or lateral inhomogeneities. In chapter 5. I inves
tigate whether continental collision. magma intrusions and mantle-lithosphere in
teraction generate conditions which lead to initiation of lithosphere scale faults. It 
is concluded that continental thickening and delamination of lithospheric mantle 
create conditions that are favorable for subsequent asymmetric extension on zones 
of localized deformation in some cases. Chapter 6 presents a more detailed evalua
tion of the physical mechanisms underlying asymmetric extension following a col
lision phase. In this chapter. parameters are identified that control the style of con
tinental extension. In the last chapter. chapter 7. delamination of continental mantle 
is investigated as a mechanism for subsequent extension in greater detail than was 
possible in chapter 5. 

FORWARD MODELING 

The work presented in chapters 3. 4. 5. 6 and 7 is based upon numerical models 
that predict the evolution of the continental lithosphere from assumed initial and 
boundary conditions. These physical models2 make predictions of data (e.g. surface 
uplift. heat flow) instead of starting with observations to match some model to, i.e. 
instead of "inverting" data. The significance of investigating physical models is not 

2.	 In the literature. the term "physical model" is typically used for experiments on scale models of 
earth processes. e.g. sandbox models. I use the term "physical models" in a more general sense 
for describing both numerical and "real world" models that are used to simulate some physical 
process. 
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always clearly understood. The classical approach in earth sciences has been to do 
observations, sometimes followed by construction of a conceptual model. This ap
proach to understanding the processes that have created and modified the earth to 
its present day state, is not typical to earth sciences. Specific to earth sciences, 
however, is the lack of data which are relevant for understanding even the most ba
sic processes. For instance, understanding the driving forces of plate tectonics has 
been a hot topic since this theory was postulated. 

Data are incomplete as a result of the difficulty to do observations at depth and in 
the past. Some physical quantities, as measured at the earth surface, cannot 
uniquely be inverted to physical properties at depth. For example, gravity data can 
not uniquely be converted to density distributions in the earth. Even worse is that 
some quantities cannot be measured at all, in that they do not generate signals that 
can be observed at the earth surface. The grain size of a rock in situ, for instance, is 
an important rheological parameter that cannot be measured from the surface. 

The present day state of the earth is the result of the evolution of a system with a 
memory. Observations from which the physical state of the earth can be deciphered 
are therefore crucial for our understanding of processes occurring in the earth. The 
second law of thermodynamics implies that all natural processes are dissipative and 
irreversible. Overprinting processes obscure the data and the past state of the earth 
cannot be uniquely be determined from them. 

This problem of data obviously is reflected in conceptual models that are con
structed from the data The more incomplete the data, the more models can be con
structed from them (non-uniqueness). The fact that both the simple shear model 
and the pure shear model have been used to describe the strain beneath the North 
Sea Basin is a fine example of non-uniqueness. Physical modeling is an important 
tool for accepting or rejecting particular conceptual models; through physical mod
els, it can be tested whether a conceptual model is physically plausible. As a result 
of the strong temperature dependence of the rheology of continental rocks, the re
sponse of the lithosphere system to driving forces is very complicated. Only 
through studies of physical models it is possible to get insight into processes which 
are the cause of particular obseIVations. 

A field geologist might not easily agree with my previous statement on the lack 
of sufficient data, as he is confronted with enormous amounts of data available in 
exposed rocks. A geological map resulting from field observations is, by necessity, 
a selection and summary of available data (and therefore a conceptual model). Sep
arating important observations from observations of secondary importance is a dif
ficult and time-consuming task. A prime goal of physical models is that they pro
vide realistic cartoons of lithospheric evolution, which can be discriminated on the 
basis of particular types of data. For instance, uplift rates of a mantle delamination 



23 Introduction 

model probably are very different from uplift rates associated with continental col
lision. As the surface heat flow signal (at least initially) is very similar in these two 
cases, there is more sense in trying to extract uplift rates from, for instance, sedi
mentary data than to measure the surface heat flow. Likewise, physical models 
may guide the field geologist in judging the importance of a particular observation 
and even draw his attention to types of data he did not consider before. 

Physical models can be used to simulate experiments which cannot be done in 
the laboratory; first, because numerical models may span millions of years on hu
man life timescales and second, because physical conditions can be simulated that 
are not achievable in the laboratory. Knowledge from different disciplines is inte
grated into a physical model and the model results are predictions of observations 
which are relevant for these disciplines. For instance, ideas about sediment trans
port may be integrated with notions of the rheology of continental rocks to predict 
infill patterns of sedimentary basins forming over an extending lithosphere. 
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Chapter 2 

Stress magnitude estimates from earthquakes ill oceanIC 
plate interiors t 

R. Govers, M.J.R. Wortel, S.A.P.L. Cloetingh and C.A. Stein 

In this chapter, seismicity data will be used to put constraints on the 
magnitude of stresses in interior parts of oceanic plates. Oceanic 
intraplate stresses are guided to continental parts of the plates. There
fore, the results of this chapter put an upper bound on inplane forces 
which will be applied on continental stretching models in subsequent 
chapters. 

ABSTRACT 

We propose a method to estimate stress magnitudes in oceanic plate interiors 
from focal depths and focal mechanisms. Using a depth-dependent rheology, we 
show it is possible to estimate the differential stress (U1 -(3), averaged over some 
reference lithospheric thickness. The resolving power of the method is investigated 
by evaluating the effect of uncertainties in parameters that are involved in the anal
ysis. We apply the method to the Central Indian Ocean, where intraplate seismicity 
is high. From well-studied earthquakes we estimate differential stresses of the order 
of hundreds of megapascals. This result is consistent with the high level of stress 
that was found from numerical model calculations by Cloetingh and Wortel (1985, 

t This chapter has been published as: Govers, R., MJ.R. Wortel, S.A.P.L. Ooetingh and c.A. 
Stein, Stress magnitude estimates from earthquakes in oceanic plate interiors. J. Geophys. Res.,
 
97,11,749-11,759,1992.
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1986). From the few intraplate events in the Pacific plate, we also estimate differ
ential stresses in this area. 

INTRODUCTION 

Earthquakes relax stresses within the lithosphere. and therefore information on 
the stress distribution at the hypocenter is contained in seismograms. The relevance 
of intraplate stresses in the context of plate dynamics is an important motivation to 
study earthquakes in the interior parts of the plates. Directions of principal stresses 
are generally derived from focal mechanisms, either directly from P and T axes or 
via the criterion of Raleigh et at. (1972) if one of the nodal planes can be identified 
as the fault plane. The general consistency of stress trajectories obtained from fo
cal mechanism data and their good agreement with stress orientations derived from 
various other indicators show that such directions have a regional significance 
(Zoback et at., 1989). However, a more complete specification of the stress field 
also requires magnitude information. 

We propose a method to estimate differential stress magnitudes in oceanic plate 
interiors. By relating focal depth and focal mechanism information to a depth
dependent rheology, it will be shown that we can estimate the differential stress 
level in the lithosphere where an earthquake occurs. Hence, starting from high
quality seismological data and a model for the rheology of the lithosphere (which 
involves several assumptions and simplifications), we derive estimates for the stress 
level in the lithosphere. Composition and temperature structure within the litho
sphere need to be known well enough to obtain a good approximation of the 
strength distribution with depth. Compared with continental lithosphere, oceanic 
lithosphere is therefore more suited for application of the method, although no 
principal objections exist to using it in continental areas. In this paper we focus on 
estimating differential stress magnitudes in oceanic plate interiors. Well-resolved 
earthquake depths are a prerequisite for the method, so that intraplate earthquakes 
that have been the subject of depth relocation studies provide the best data for esti
mating stress magnitudes in oceanic plates. 

The high seismicity in the Central Indian Ocean (e.g., Wiens and Stein, 1983, 
1984; Bergman and Solomon, 1984, 1985) makes this area very well suited for 
studying the relation between seismicity and differential stress magnitudes. In a 
force modeling study of the Indian plate, C10etingh and Worte1 (1985, 1986) calcu
lated stresses in the Central Indian Ocean that are very high (several hundreds of 
megapascals) in comparison with studies by Richardson et at. (1979) and Richard
son (1987, 1989). In agreement with Cloetingh and Wortel's results, Zuber (1987) 
and McAdoo and Sandwell (1985) found that hundreds of megapascals stresses are 
required to explain the gravity highs in the Central Indian Ocean that are attributed 
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to basement undulations as a result of lithospheric buckling. We will test whether 
Cloetingh and Wortel's stress results are approximately an order of magnitude too 
high, as suggested by Richardson (1987, 1989). Therefore, at stages in the analysis 
when assumptions need to be made, we will adopt those assumptions which (1) are 
considered to be realistic and (2) give low-end differential stress estimates. Finally, 
we will estimate differential stress magnitudes for the Pacific Ocean from its seis
micity, which is significantly lower than in the Central Indian Ocean. 

RHEOLOGY 

In relating the depth of an oceanic intraplate earthquake to the stress field in the 
lithosphere, the rheology model adopted strongly affects the inferred differential 
stress values. In this section we briefly describe the rheology model adopted in this 
paper. Brittle deformation in oceanic lithosphere is expected to occur at shallow 
depth. We assume that the strength (al - a3) in the brittle regime is described by 
Byerlee's (1978) law. At deeper levels deformation occurs by temperature-activated 
ductile flow, controlled by creep of olivine (Goetze and Evans, 1979; Kirby and 
Kronenberg, 1987). 

Brittle Strength 

The strength of brittle rock is to a first approximation insensitive to temperature 
and is mainly pressure-controlled. The stress required for initiation of slip on pre
cut rock faces was found by Byerlee (1978) to be insensitive to rock type. A linear 
frictional law provides a useful approximation of brittle strength in the lithosphere, 
particularly at effective pressures above approximately 100 MPa, where the initial 
surface roughness has little or no effect on friction (Byerlee, 1978). 

An estimate of the pore fluid pressure at the fault surface is required to calculate 
the brittle strength with Byerlee's law. Fluid pressures may range from zero to su
perlithostatic and are not known in general. Lacking detailed information on pore 
fluid pressure distributions in the seismic source regions, we assume that the pore 
fluid pressure is hydrostatic. As the mantle source region for the growth of oceanic 
lithosphere is very likely to be extremely depleted in volatile elements (Anderson, 
1989), very little water is available for building substantial fluid pressures in sub
crustal oceanic lithosphere (Dixon et al., 1988). Ophiolitic rocks show evidence of 
hot water percolation in the crust, where an open system of pores is likely to exist. 
Therefore, fluid pressures probably are close to hydrostatic in the upper 5-10 km 
and subhydrostatic in the rest of the oceanic lithosphere. Our assumption of hydro
static pore fluid pressure therefore yields a lower limit to the brittle strength and is 
consistent with our approach of getting low-end stress estimates, within the limits 



32 Chapter 2 

of (what we consider to be) realistic assumptions. 
The brittle strength (ul - U3) depends on which of the principal stresses is verti

cal. We adopt the convention that compression is positive and that Ul ~ U2 ~ U3. 

If U3 is vertical, the resistance of preexisting faults to sliding is largest ("compres
sion" curve in Figure 1). If Ul is vertical the brittle strength is smallest ("tension" 
branch in Figure 1). If both Ul and U3 are horizontal, the brittle strength may vary 
between these two extremes (Thrcotte and Schubert. 1982; Sibson, 1974). 

Ductile Rheology 

Recent laboratory data have modified the depth-dependent strength model of 
Goetze and Evans (1979) only slightly, the main difference being the incorporation 
of "wet" deformed olivine, Le., olivine containing trace amounts of water (Chopra 
and Patterson, 1981; Tsenn and Carter, 1987). Steady state flow laws for olivine 
are now well established under both anhydrous conditions and in the presence of 
water. The creep stress for olivine under conditions that favor dislocation processes 
may be represented by a powedaw. Under conditions of low temperatures and high 
stress the powedaw breaks down to exponential behavior (Goetze and Evans, 1979; 
Tsenn and Carter, 1987). In the present study we used a powerlaw flow law for 
"wet" olivine with an average grain size of 1 mm and an exponential law with data 
from Tsenn and Carter (1987). As argued in our discussion on pore fluid pressures, 
we do not actually expect the oceanic lithosphere to be wet but use the present flow 
law in order to get a lower bound on the stress magnitude. 

Oceanic geotherms are a function of lithospheric age. Temperature profiles in 
oceanic lithosphere are calculated using Crough's (1975, 1977) boundary layer 
model with a constant basal heat flux and a temperature at the base of the litho
sphere of 1300°C. The basal heat flux is selected on the basis of a fit to bathymetry 
and heat flow data (Parsons and Sc1ater, 1977). Uthospheric age is estimated from 
the magnetic anomaly map of Larson et at. (1985) and the geomagnetic time scale 
of Harland etal. (1982). 

FOCAL MECHANISMS 

Constraints on Brittle Strength From Vertical Slip Components 

If a vertical cross section of brittle rock, deforming by plane strain, is subjected 
to a horizontal in-plane stress, faults exhibit normal slip in response to tensile stress 
and reverse slip due to compressive stress. As the brittle strength is weaker in ten
sion than in compression, one could infer whether to use the "tension" or "compres
sion" branch (Figure 1) from the vertical slip component. However, if stresses and 
strains are three-dimensional, the relation between vertical slip components and 
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Fig. 1. Relationship between focal 
depth of an intraplate earthquake and 
the stress distribution. (a) Three
dimensional image showing how Fig
ures 1band 1c are built up by stacking 
overlapping surfaces that have been 
calculated for various assumptions on 
briUle strength and strain rate. (b) 
PIan view of top surface ofFigure 1a. 
Various strength envelopes are shown 
for oceanic lithosphere (age 53 Ma). 
Brittle strength branches labeled 
"compression," "intermediate," and 
"tension" are calculated for various 
principal stress orientations from 
Byerlee's (1978) law with hydrostatic 
pore pressure. The ductile strength 
(flow stress) is shown for strain rates 
of woolS 8-1 and 10-17 8-1. The differ
ential stress (UI - U3) has reached the 
strength locally at the focal depth of 
30 km (indicated by arrow), where 
ductile behavior is predicted. The 
depth-dependent stress distribution 
(UI - U3)(Z) is found by assuming that 
the stress in weaker parts of the litho
sphere has reached the strength, 
whereas stronger parts elasticly sup
port a stress that is (at least) equal to 
the stress at the focal depth. Shaded 
surfaces are a measure of the (aver
age) differential stress (equation (1}). 
The sensitivity of the average differen
tial stress to assumptions on briUle 
strength and strain rate is shown by 
areas of different grey tones. (c) 
Earthquake with focal depth at 10 km, 
where brittle behavior is expected. 
The sensitivity to strain rate is seen to 
be relatively small for a brittle event. 
Both ductile and briUle earthquakes 
are very sensitive to the selection of 
one ofthe briUle branches. 
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brittle strength is unclear. 
The minimum shear stress required for initiation of slip on preexisting faults is 

described by Byerlee's (1978) law, whereas new faults will be created at higher 
shear stresses described by Coulomb's (1773) law. Byerlee's law predicts the most 
favorable fault plane orientation as well as the minimum shear stress that is re
quired for initiation of slip (see Thrcotte and Schubert, 1982). However, if this par
ticular fault is not present, the strength of the system is higher. Preexisting faults 
that are less favorably oriented might become activated at higher stress magnitudes. 

We have used a three-dimensional numerical model, employing Byerlee's and 
Coulomb's laws, to determine bounds on the brittle strength from vertical slip com
ponents (Appendix A). We conclude that if the focal mechanism solution indicates 
a reverse slip component, the brittle strength is limited by "compression" and "in
termediate" branches in Figure 1. In case of a normal slip component, the brittle 
strength ranges from "intermediate" to "tension". Strike-slip faulting does not pro
vide any constraint on the brittle strength. 

The sign of the vertical slip component is identical on both nodal planes (see Ap
pendix B). Therefore, putting limits on the brittle strength by using vertical slip 
components does not depend on a proper selection of fault plane and auxiliary 
plane. 

Earthquakes in Ductile Lithosphere 

It will become clear in the next section where we explain how to infer differen
tial stresses from earthquakes, that even if events occur in ductile rock, stress esti
mates would be more accurate if we could limit the range of brittle strengths in the 
same way we did for brittle earthquakes. Several models have been proposed to 
explain the occurrence of seismic slip at depths where crystal-plastic processes are 
thought to occur (we will refer to these earthquakes as "ductile events"). Sibson 
(1980) suggests that brittle frictional sliding within the ductile regime may occur 
due to compositional differences. Variation of unstable to stable frictional slip on 
deeply penetrating faults is suggested by Tse and Rice (1986) to explain the occur
rence of ductile earthquakes. Instability caused by injection of fluids into shear 
zones and fault gouges, for instance by dehydration reactions, has been put forward 
by Raleigh and Paterson (1965) and analyzed by Shimamoto (1985). Finally, creep 
instability, Le., catastrophic strain softening due to an increase in strain rate or tem
perature (Orowan, 1960; Griggs and Baker, 1968; Hobbs et al., 1986; Ogawa, 
1987), has been put forward to explain ductile earthquakes. The seismic radiation 
pattern of most ductile earthquakes cannot be distinguished from that of a brittle 
shear fracture. Currently, it is impossible to select one of the proposed models on 
the basis of seismic or rheological data. 
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In the previous section we discussed how the vertical slip component of a brittle 
earthquake can be used to tighten the range of brittle strengths that are used to esti
mate upper and lower bounds to the differential stress. The well-established mech
anism of brittle earthquakes was a principal ingredient in this discussion. For duc
tile earthquakes the mechanism is unknown, so that we consider it unwarranted to 
attribute significance to the vertical slip component inferred from a double couple 
representation of the source. Therefore, if a seismic event occurs at a depth where 
rocks are deforming ductily, we take the full range of brittle strengths into account 
to estimate the differential stress ("tension" to "compression" branches in Figure 1). 

DIFFERENTIAL S1RESS 

The method is designed to yield a measure of stress magnitude that is directly 
comparable with results from modeling studies. Principal stress magnitudes in
ferred from modeling generally constitute averages over some (elastic) reference 
thickness L ref (in the present study we used Lref=lOO km). This reference thick
ness has no physical meaning and is only used to facilitate comparison of stresses 
derived from force modeling studies with stresses estimated from earthquakes. The 
average differential stress is defined as 

(1) 

L is the thermally defined, age dependent thickness of the lithosphere, Le., the 
depth of the 1300°C isotherm in Crough's (1975; 1977) model. Bending stresses in 
the interior parts of the plate are assumed to be negligible. 

Method Description 

To calculate the average differential stress at an epicentral site, we note that the 
strength at the focal depth has been exceeded locally (see Figure 1). No major 
strength discontinuities occur within oceanic lithosphere, so it is a reasonable as
sumption that stresses are distributed evenly over the lithospheric thickness. Weak 
parts of the lithosphere reach their strength at low stresses, stronger parts deform 
elasticly until stresses increase sufficiently to cause deformation either by flow or 
by fault slip. We conclude that the strength curve provides an upper limit for dif
ferential stresses at depths where the strength is less than that at the focal depth. 
The differential stress in the "elastic core", Le., the strong part of the lithosphere 
where stress is supported elasticly, is at least equal to the stress level at the focal 
depth (Wortel, 1986; Wortel and Vlaar, 1988). After integration of the depth
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dependent differential stress and scaling by L ref we obtain (0"1 - 0"3)' In the follow
ing we will refer to the average differential stress as "differential stress". 

Sensitivity 0/Results to Input Parameters 

Our results are sensitive to two different types of parameters: variables related to 
the method, that cause uncertainties in the rheology model, and "observational" pa 
rameters, like focal depth and lithospheric age. Relevant method-related parameters 
affecting the depth-dependent rheology model are the pore fluid pressure, the as
sumed strain rate, and the brittle strength. 

The effect of decreasing the pore fluid pressure is that the brittle strength and, 
therefore, our stress estimates increase. As discussed before, we aim at getting a 
lower bound to differential stresses, within the limits of (what we consider to be) 
realistic assumptions. We therefore did not include pore pressures smaller than hy
drostatic in our calculations. 

Figure I displays the sensitivity of differential stress to brittle strength and strain 
rate for a ductile and a brittle event. In Figure I, hatched areas are a measure of dif
ferential stress. The effect of varying the strain rate between 10-15 

S-1 and 
10-17 S-1 can be significant for ductile earthquakes (Figure lb). The stress in the 
elastic core is strongly affected, so that the differential stress is sensitive to a 
change in strain rate. From Figure Ie it is clear that stresses calculated from events 
in the brittle part of the lithosphere are relatively insensitive to changes in strain 
rate. 

Both for brittle and for ductile earthquakes the differential stress is very sensitive 
to the selected brittle strength. In the absence of constraints on the vertical slip 
component, upper, and lower bounds to the differential stress are calculated from 
"compression" and "tension" strength branches, respectively. Figures 2a and 2b 
show upper and lower bounds as a function of focal depth and lithospheric age, for 
a strain rate of 10-16 

S-I. A measure of the resolution that can be obtained with our 
method is the difference between upper and lower bounds to the differential stress 
(Figure 2e). In older lithosphere we observe differences of several hundreds of 
megapascals between minimum and maximum differential stresses. Figure 2e can 
be used to estimate what can be gained by improving the focal depth accuracy after 
an approximate focal depth range has been determined: an estimated earthquake 
depth of 20 ± 10 km in 90 Ma lithosphere does not require additional waveform 
modeling to resolve differential stresses much better. However, if the observed fo
cal depth is 40 ± 10 km, it is worthwhile to try to improve the depth accuracy. 

If the focal mechanism has a normal slip component the upper bound to the dif
ferential stress is not calculated from the "compression" brittle strength but from 
the "intermediate" strength branch (Figure 1). The lower bound to the differential 
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Fig. 2. Differential stress as a function ofage and focal depth, for a strain rate of 10-16 
S-1 : 

(a) for maximum brittle strength in case of reverse slip or strike slip mechanism, (b) for 
minimum brittle strength in case of normal slip or strike slip mechanism, (c) difference 
between maximum and minimum stress, a measure for method accuracy, if no constraints 
on the vertical slip components are available, (d) for maximum brittle strength in case of a 
normal slip event, and (e) difference between maximum and minimum stress (minimum in 
Figure 2b). Note that the the lower ductile part is not affected by the normal slip con
straint, (j) for minimum brittle strength in case of reverse slip, and (g) difference between 
maximum and minimum stress for focal mechanism with a reverse slip component (maxi
mum differential stress in Figure 2a). 

stress again follows from using the "tension" brittle strength (Figure 2b). Compar
ing Figures 2d and 2a, we observe a significant reduction of the maximum differen
tial stress for those focal depths that are in the brittle lithosphere. The exclusion of 
focal mechanism information for ductile events results in a discontinuity of calcu
lated stresses at the brittle-ductile transition. The reduction of the maximum differ
ential stress clearly improves the resolution of differential stress estimates for brit
tle events, as can be seen from comparing Figures 2e and 2c. 

In case of reverse slip the "intermediate" in stead of "tension" branch is used to 
calculate the minimum differential stress. The upper bound to the differential stress 
follows from the "compression" brittle strength (Figure 2a). Figures 2f and 2g 
show minimum stress and stress resolution as a function of age and focal depth, as
suming that the fault slip has a reverse component. Again, reduction of the range 
of brittle strengths improves the resolution significantly. 

DIFFERENTIAL STRESS IN TIlE CENlRAL INDIAN OCEAN 

The Central Indian Ocean, with its high intraplate seismicity, provides an excel
lent opportunity to study the relation between earthquakes and the level of in
traplate stress. An important motivation to study intraplate stress fields is to im
prove our understanding of the dynamics of plate motion. With this goal in mind 
Richardson et al. (1979) performed numerical calculations of the stress field in all 
major plates. Subsequently, Wortel and Cloetingh (1981, 1983, 1985) performed a 
similar type of numerical modeling, with some important new aspects in their force 
modeling procedure. In contrast with the earlier models the ridge push was not 
represented as a line force but as an integrated pressure gradient (Lister, 1975) dis
tributed over all contributing parts of the lithosphere. The slab pull was incorporat
ed as an age-dependent force giving rise to significant lateral variations in the 
forces representing the subduction process. Whereas the force modeling for the 
Nazca plate (Wortel and Cloetingh, 1983, 1985) yielded stress values in agreement 
with Richardson et al.'s (1979) models, a later application of the same modeling to 
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Fig. 3. Differential stresses in the Cen
tral Indian Ocean at epicentral loca
tions of events listed in Table 1. Thin 
solid lines from the base of the 
columns end at epicentral locations. 
The height from the base of a column 
is a measure of the differential stress 
magnitude. Stress magnitudes consti
tute averages over a reference value 
(100 km) of the plate thickness. In 
each column, the darkest grey band 
corresponds to the uncertainty in the 
inferred differential stress. The uncer
tainty increases for most events if the 
vertical slip component is neglected; 
in this case the light grey band plus 
the dark grey band correspond to the 
range of inferred differential stresses. 
The thick horizontal line in (or at the 
top of) the column corresponds with 
the differential stress calculated by 
Cloetingh and WOrfel (1985,1986). 

the Indo-Australian plate (Cloetingh and Wortel, 1985, 1986) resulted (Figure 3) in 
a significantly higher stress level than in the study by Richardson et al. (1979) (see 
also Richardson (1987, 1989)). This difference stems from a difference in model
ing procedure. Richardson et al. (1979) made a variable parameter study of the 
various plate tectonic forces involved. Cloetingh and Wortel (1985, 1986) treated 
the driving forces (ridge push and slab pull) as known forces, which could be cal
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culated from kinematic parameters (relative motion along convergent plate bound
aries) and the age of the lithosphere involved, and derived the magnitudes of the re
sistive forces from the equation representing the balance of torques of all forces 
acting on the plate. 

In view of the relevance of such discrepancies for ongoing and future numerical 
modeling we address this issue by investigating the information which the unusual
ly high seismic activity in the Central Indian Ocean (e.g., Wiens and Stein, 1983, 
1984; Bergman and Solomon, 1984, 1985) provides concerning the level of in
traplate stress. Previously, only the orientations of the principal stress directions 
have been used to test the results of stress modeling. For the Central Indian Ocean, 
good agreement was found between calculated orientations and focal mechanism 
data (Cloetingh and Wortel, 1986; Bergman, 1986). Also the orientations of ob
served long wavelength basement undulations appear to be consistent with the cal
culated stress orientations (Stein et ai., 1989; Petroy and Wiens, 1989). 

Large (mb ~ 4.9) oceanic intraplate earthquakes in the Central Indian Ocean 
have been the subject of seismological waveform modeling studies by various au
thors. The earthquakes for which adequate information on depth and focal mecha
nism were available are listed in Table 1. The focal depth accuracy for shallow 
teleseismic earthquakes is discussed for various methods by Stein and Wiens 
(1986). Depth relocation methods like long-period P waveform modeling (Wiens 
and Stein, 1983), Rayleigh waveform modeling with additional long-period P 
waveform modeling for shallow events (Wiens and Stein, 1984) and body 
waveform inversion (Bergman and Solomon, 1984, 1985) all are estimated to have 
a 2-km accuracy. Pre-WWSSN data, relocated with P, SH, Rayleigh and Love 
waveform modeling techniques (Wiens, 1986) have 5-km accuracies. Depth phase 
identifications from short-period P/pwP/pP arrivals (Stein and Weissel, 1990) are 
assigned a 5-km accuracy. Vertical slip components are considered significant if 
the slip direction makes an angle with the strike of more than 10°. 

For all these events the differential stress is estimated, first without focal mecha
nism information taken into account and next with inclusion of such information 
(see Table 1). The results are displayed in Figure 3 in combination with the numer
ical model values obtained by Cloetingh and Wortel (1985, 1986). Figure 3 clearly 
demonstrates what was already apparent from Figures 2c, 2e and 2g, namely, that 
hypocentral depth alone does not provide a firm constraint on the level of differen
tial stress. If, however, reliable information on the vertical slip components of an 
event is available, the large contribution of the brittle slope variation to the uncer
tainty of the integrated differential stress can be reduced. 

Gravity highs attributed to 200-km wavelength basement undulations as a result 
of lithospheric buckling have been observed in the region between l8°S and lOON 
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TABLE 1. Central Indian Ocean Intraplate Earthquake Data 

Event" Date Latitude Longitude Depthb
, Vertical Age, Referencesd 

oN °E km ComponentC Ma 

7 May 25,1964 -9.1 88.9 17 ± 2 SS 58 ± 2 BS85 
8 October 31, 1965 -14.2 95.3 24 ± 2 SS 65.5 ± 0.5 WS83 
9 September 14, 1968 -24.4 80.4 3 ± 2 SS 31 ± 3 BS85 

4 ± 2 T BS85 
10 October 10, 1970 -3.6 86.2 27 ± 2 SS 73 ± 9 BS85 

39 ± 2 T BS85 
11 June 26,1971 -5.2 96.9 29 ± 2 T 52.5 ± 0.5 BS85 
12 November 24, 1972 11.7 85.3 27 ± 2 T 116 ± 14 BS85 
13 April 7, 1973 7.0 91.3 13 ± 2 SS 75 ± 7 BS85 

6 ± 2 SS BS85 
14 August 30, 1973 7.2 84.3 27 ± 2 T 109 ± 7 BS85 
15 June 25, 1974 -26.0 84.3 23 ± 2 T 42.5 ± 3.5 BS85 

18 ± 2 T BS85 
13 ± 2 T BS85 

16 August 3, 1978 -0.9 84.2 39 ± 2 T 80.5 ± 2.5 WS83 
17 December 2, 1981 -15.7 88.4 23 ± 2 T 50 ± 5 BS85 
18 April 23, 1967 1.6 80.2 32 ± 5 T 83 ± 6 SW90 
19 June 3,1978 -16.2 93.0 11 ± 5 T 65 ± 3 SW90 
20 October 8,1968 -39.9 87.7 11 ± 2 N 7.5 ± 2.5 WS84 
21 November 2, 1976 -29.4 77.7 14 ± 2 N 9 ± 2 WS84 
22 March 31, 1970 -3.8 69.7 12 ± 2 N 8.5 ± 2.5 WS84 
23 September 19, 1975 -34.7 81.9 19 ± 2 N 20.5 ± 3.5 WS84 
24 November 17,1973 -1.6 69.8 19 ± 2 N 13 ± 2 WS84 
25 December 12, 1981 5.0 70.2 15 ± 2 N 46 ± 7 BS84 
26 October 2,1957 -6.3 69.7 14 ± 5 SS 12 ± 3 W86 
27 Februari 29, 1944 0.3 75.4 10 ± 5 T 76 ± 3 W86 
45 December 19, 1965 -32.2 78.9 13 ± 2 N 5.5 ± 1.5 WS84 
46 Februari 17, 1966 -32.2 78.9 11 ± 2 N 5.5 ± 1.5 WS84 
47 April25,1970 -6.3 69.8 15 ± 2 N 12 ± 3 WS84 
48 November 30, 1983 -6.8 72.0 16 ± 2 N 49 ± 7 WS84 
49 September 12, 1965 -6.5 70.8 18 ± 2 N 30 ± 12 BS84 
51 November 10, 1967 -6.0 71.3 18 ± 2 N 36 ±11 BS84 
52 November 11,1967 -6.0 71.4 17 ± 2 N 36 ±11 BS84 
53 March 2,1968 -6.1 71.4 13 ± 2 N 36 ±11 BS84 

a Numbers 7-27 refer to Ooetingh and Wortel (1986), numbers 45-53 have been added to their list. 
b Depth from top of crust. 
C SS, strike slip; T, thrust; N, normal. 
d BS85. Bergman and Solomon (1985); WS83, Wiens and Stein (1983); SW90, Stein and Weisse! 

(1990); WS84, Wiens and Stein (1984); W86. Wiens (1986); BS84, Bergman and Solomon (1984). 
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and 800 E and 100o E. Earthquakes 7, 10, 16, and 18 all occur near highs, so that 
the effect of flexural bending stresses in this compressive region would be to reduce 
stresses at the top and increase stress near the bottom of the lithosphere. Differen
tial stress estimates in this region are very high, and the contribution of superim
posed flexural bending stresses to the average differential stress generally is not 
large. More particularly, the stress found from event 7 probably is a lower esti
mate, and the stress from event 16 is estimated too high. Stresses from the other 
events are hardly affected by bending stresses, since their epicenters are in the 
flanks of the buckles. Bathymetric loading by the Chagos-Laccadive Ridge and 
Ninetyeast Ridge also might cause bending stresses. These would affect the stress
es estimated from event 7, 17,26, and 47-53. 

Comparison of Ooetingh and Wortel's (1985, 1986) numerical model values 
(horizontal bars) with the differential stress ranges in Figure 3 indicates that for 
events 22, 24, 26, 45, 46, and 47, all near the ridge, the model values are somewhat 
too high. Only for events 11 and 13 the model values greatly exceed the inferred 
stress ranges. These events are near the Sumatra-Nicobar-Andaman trench system. 
All model values for the Central Indian Ocean (with the minor exceptions of one of 
the events of 10, and 19) fall clearly within the stress ranges. The model values for 
events 15, 18, and 27 are even near the minima of the seismicity derived stress 
ranges. We particularly note the good agreement for the high stress values of 
events 12 and 14. 

Since our method yields low-end estimates of the differential stress, our results 
are more in agreement with those of Cloetingh and Wortel (1985, 1986) than with 
stress levels found by Richardson (1987, 1989), which are about an order ofmagni
tude lower. 

PACIFIC PLAlE SlRESSES 

Seismicity in the Pacific plate is less abundant than in the Indian plate and focal 
depth and focal mechanism constraints are relatively poor compared to Indian 
Ocean data. Table 2 is a selection of mb ~ 4. 8 events we made from World Stress 
Map data. Figure 4 shows results of differential stress computations from focal 
depth and focal mechanism. 

The highest stresses are estimated for the Samoa-Gilbert-Ralik area from event 
6, 7, and 8. Okal et al. (1986) note teleseismically recorded swarms of intraplate 
seismicity (4. 0 ~ mb ~ 6.0) in this region and attribute them to large-scale defor
mation. However, nearby seamounts probably cause bending stresses so that differ
ential stresses derived from these events do not reflect the intraplate stress field. 

Stein (1979) studied event 3 in the northwest of the Pacific and concluded that 
the epicenter occurred on Emperor Trough, a dead spreading center that has also 
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Fig. 4. Differential stresses in the Pacific intraplate area at epicentral locations of events 
listed in Table 2. Columns have the same meaning as in Figure 3. 

been active as a transform fault between Kula and Pacific plates (Larson and Chase, 
1972; Hilde et al., 1976). Due to the large uncertainties in lithospheric age and fo
cal depth, the difference between maximum and minimum estimated stresses is 
large. The Caroline plate, north of New Guinea, has been proposed by Weissel and 
Anderson (1978) to be subducting under the Pacific plate at the Mussau Trench. 
The epicenter of event 17 lies on the proposed Caroline-Pacific plate boundary and 
might not be a true intraplate event. 

The magnitude of intraplate stresses in the Pacific plate east of l700 W appears to 
be lower than in the west. The strongest constraint on intraplate stresses in the 
southeast Pacific comes from event 15. Other earthquakes in this area have less 
well resolved focal depths. Differential stresses southwest of Baja California also 
indicate that differential stresses in the eastern Pacific do not exceed the 100 MPa 
level. Earthquakes in the eastern Pacific that are related to bending stresses due to 
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TABLE 2. Pacific Intraplate Earthquake Data 

Event Date Latitude Longitude Depth} a , Vertical Age, Reference' 
oN °E kIn Componentb Ma 

1 March 6, 1965 -18.4 -132.8 5 ± 5 N 34 ± 1 080 
2 September 18, 1966 -18.4 -132.9 5 ± 5 N 34 ± 1 080 
3 April 28, 1968 44.8 174.6 10 ± 5 T 90 ± 10 S 
4 July 29,1968 -7.5 -148.3 5 ± 5 SS 89 ± 5 080 
5 August 6,1969 -7.6 -148.1 5 ± 5 N 89 ± 5 080 
6 Januari 7,1982 -3.4 177.6 15 ± 3 T 122 ± 3 LO,D83 
7 Februari 15, 1982 -3.5 177.5 21 ± 3 SS 122 ± 3 LO,D83 
8 March 16, 1982 -3.3 177.5 15 ± 3 T 122 ± 3 LO,D83 
9 Januari 19, 1973 -7.6 -148.2 5 ± 5 N 89 ± 5 080 

10 Januari 19, 1973 -7.6 -148.1 5 ± 5 N 89 ± 5 080 
11 April 26, 1973 20.1 -155.2 45 ± 2 N 90± 5 B86,B, U 
12 May 25, 1975 -18.4 -133.0 5 ± 5 SS 34 ± 1 080 
13 August 30, 1976 1.0 147.6 26 ± 2 SS 34 ± 3 B86, WS83 
14 October 29,1975 4.1 -103.5 9 ± 2 N 3 ± 1 WS84 
15 July 31,1983 -20.1 -126.9 17 ± 2 N 22 ± 2 WS84,D84, 

084 
16 June 30, 1945 16.6 -115.8 12 ± 2 N 16 ± 1 WO 
17 August 20,1968 5.4 147.1 6 ± 3 T 34± 3 B86,BS 
18 October 5,1984 20.1 -116.0 13 ± 2 N 18 ± 1 WO,D85 
19 December 2,1984 20.4 -115.8 15 ± 2 N 18 ± 1 WO,D85 
20 May 28, 1986 20.0 -115.9 15 ± 2 N 18 ± 1 WO,D87 
21 Januari 5,1978 -20.9 -126.9 5 ± 5 T 23 ± 1 080 
22 July 25,1978 -20.8 -126.9 5 ± 5 T 23 ± 1 080 

a Depth from top of crust. 
b SS. strike slip; T, thrust; N, normal. 
, B86, Bergman (1986); BS, Bergman and Solomon (1980); B, Butler (1982); D83, Dziewonski et 

al. (1983); D84, Dziewonski et al. (1984); D85, Dziewonski et al. (1985); D87, Dziewonski et al. 
(1987); LO, Lay and Okal (1983); 084, Okal (1984); 080, Okal et al. (1980); S, Stein (1979); U, 
Unger and Ward (1979); WO, Wiens and Okal (1987); WS83, Wiens and Stein (1983); WS84, Wiens 

and Stein (1984). 

seamount loads are event 1,2, and 12 (Okal et ai., 1980) and event 11 near Hawaii 
(e.g.• Watts et ai., 1985). 
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DISCUSSION 

Strength on Different Time Scales 

Jeffreys (1959) observed that high, uncompensated mountain ranges can be sup
ported by the lithosphere and inferred that the strength of the lithosphere must be 
hundreds of megapascals. Laboratory experiments on both brittle as ductile rocks 
showed that the lithosphere is indeed capable of bearing stresses of large magni
tude on long time scales (Byerlee, 1978; Goetze, 1978). It was noted by Chinnery 
(1964) that the stress drop in an earthquake is 2 orders of magnitude lower. Thus, 
if the stress drop is taken to be a measure of strength, the strength on short time 
scales ("seismic strength") seems to be much lower than the strength on geological 
time scales ("tectonic strength"). The question arises whether we can use long
term strength envelopes to infer stress magnitudes from earthquakes? While fur
ther insight into this aspect has to be gained, we adopt the hypothesis concerning 
the relation between stress, strength (rheology), and earthquake generation pro
posed by Wortel (1986). Recognizing that parts of the lithosphere in which the 
strength is low and where the stress is at or near the strength (comparable with the 
near-surface part of the oceanic lithosphere) earthquake generation is not observed, 
he postulated that seismic activity occurs when and where the width (or depth inter
val) of the anelastic1y deforming region increases at the expense of the "elastic 
core", in other words, when and where the stress reaches the strength for the first 
time. It was shown that this hypothesis adequately accounts for the distribution of 
seismic activity in subducting lithosphere (Wortel, 1986; Wortel and Vlaar, 1988). 
In this hypothesis the seismic stress drop does not reflect the absolute level of stress 
but rather a stress adjustment to the equilibrium tectonic stress. Consequently, the 
seismic strength can be higher than the tectonic strength and earthquakes are envis
aged to relax stresses that exceed the long-term strength. The stress drops involved 
are low, so the long-term strength envelope yields a good approximation of the 
stresses at the hypocenter. 

Nonequilibrium Stress Distribution 

In our analysis we assumed that ductile rocks in the "elastic core" are able to 
support stresses elastic1y on geologic time scales. If, however, ductile rock is sub
ject to differential stresses it will show some elastic deformation, transient creep 
and eventually steady state creep. In steady state, the strain rate has equilibrated to 
the imposed stress. Therefore stress distributions like in Figure 1 cannot represent 
equilibrium, since ductile rock will eventually support a stress that is equal to the 
flow stress (the stress we previously named "strength") at some strain rate. 
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It is clear that the time required for establishing an equilibrium is a (highly non
linear) function of boundary conditions and rheology. Probably, the stresses in the 
strongest layers will not change very rapidly with time, since their viscosity is very 
high. Therefore, the "elastic core" can be interpreted as a depth interval where 
creep in the ductile rocks very slowly alters the stress. We note that there is a great 
need for a dynamic approach to investigate the stress distribution with depth as it 
develops with time, if lithosphere is subjected to a stress boundary condition. 

Brittle Strength 

Our assumptions are aimed at getting a low-end estimate of the differential stress 
in oceanic lithosphere. However, the brittle strength inferred from Byerlee's (1978) 
relation is thought to be exceptionally high by a number of authors (Haimson and 
Doe, 1983; Zoback and Mastin, 1986). In spite of the possible shortcomings we 
consider Byerlee's law to be the most suitable quantitative description available at 
present. Most likely, deviations from the assumed brittle strength are most pro
nounced near the brittle-ductile transition, and our method is not very sensitive to 
them. 

Focal Depth 

Many of the reported depths in Tables 1 and 2 are centroid depths. The centroid 
depth is the average depth of the fault plane and is therefore not necessarily equal 
to the initiation depth, the hypocenter. The difference in depth between hypocenter 
and centroid can be up to 5 kID, depending on the wavelengths that were used in 
determining the centroid depth, the spatial source function asymmetry, the fault 
plane orientation, and the fault plane dimensions. In our analysis we assumed that 
hypocentral depth and centroid depth are equal. 

CONCLUSIONS 

The main objective of the current paper is to investigate the possibility of extend
ing our knowledge of the intraplate stress field with magnitudes. Our present 
knowledge of lithospheric rheology required to relate intraplate deformation (earth
quakes) to stress limits the accuracy of inferred stress magnitudes. Therefore, ef
forts to make the accuracy of focal depths better than 2 kID are not expected to con
tribute to our knowledge of intraplate stress magnitudes. If the vertical slip compo
nent is not well constrained by the focal mechanism, if the faulting is pure strike
slip, or if an earthquake occurs in ductile lithosphere, the uncertainty in differential 
stresses is large. If the focal mechanism is known with confidence, tighter bounds 
can be placed on the stress magnitude. 
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Numerical calculations of the stress field in the Central Indian Ocean by 
Richardson et al. (1979) and Cloetingh and Wortel (1985, 1986) yield order of 
magnitude differences. From our analysis we find that seismicity data require a 
stress level comparable with that calculated by Cloetingh and Wortel (1985. 1986). 
Stress levels about an order of magnitude lower, as advocated by Richardson (1987, 
1989) are less in agreement with differential stresses found in this study. 

APPENDIX A 

We investigate the relation between the vertical slip component of an earthquake 
and the brittle strength. Obviously, both are related by the stress field; slip occurs in 
the direction of maximum resolved shear stress if the strength is exceeded. 

In general. the brittle strength according to a linear friction law can be written in 
terms of the difference between maximum and minimum principal stresses 

2 So 2 fJ ( q - A ) 
( lTl - lT3 ) = + lTv 

~l + fJ2 ~l + fJ2 

...j 1 + fJ2 + A fJ ...j 1 + fJ2 - A fJ 
~q~ 

..J1 + fJ2 + fJ ...j 1 + fJ2 - fJ 

cohesion So, coefficient of friction fJ, overburden load lTv, and pore fluid coefficient 
A = PfllTv • We assume that one of the principal stress directions is vertical and 
equal to the overburden pressure. Upper and lower limits to the brittle strength and 
q correspond to in-plane compression and in-plane tension, respectively, or more 
precisely, correspond to verticallT3 and lTl' Therefore, if we would know the prin
cipal stress directions at the epicenter, we could select a single brittle strength curve 
to estimate differential stress. Unfortunately, focal mechanism solutions only give 
principal deformation quadrants, not principal stress directions. 

To determine the relation between focal mechanism and applied stress, we per
formed a number of synthetic tests. For various three-dimensional stress fields we 
calculated the orientations of preexisting fault planes on which the conditions for 
slip are met; that is, the threshold value of shear stress has been reached or exceed
ed according to Byerlee's law. Horizontal stresses are limited by the failure 
strength of brittle rock, which was calculated by Coulomb's (1776) law. 

Figure Al shows a typical result of our modeling. Three basic response types are 
indicated; if horizontal tectonic stresses (lTx and lTy ) are small deformation is elas
tic. If stresses increase slip on preexisting faults (if present) may occur. If stresses 
cannot be accommodated on preexisting faults, new ones may be created at even 
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as a function of horizontaL stresses crx 

tension ..... -.+com ression 

and cry- The grey shaded areas indi- I 
cate stresses at which slip aLong pre- I 

existing fauLts can take pLace. At i 
Lower stresses, in the internaL part of 
the figure, the deformation is pureLy 

I,ll 

eLastic. The failure criterion puts an 
upper bound to the stress LeveL that <ili 
can be reached. In the Light grey 
shaded area the predominant verticaL 

~I 
0"1 8 

component is reverse sLip. In the dark 
grey area normaL sLip is observed. The 
shape of the figure is invariant to 
depth; the figure simpLy shrinks or 
expands at smaller or greater depths 
(numbers on the axes correspond to a 
depth of13 Jan). 

I 

l_ 

i 

_._ _
--o~--(MPa) 

criterion 

~. 
o 
:::J 

t 

~ 
:::J 

a" 
:::J 

higher stresses. Faulting types typical for particular stresses may be recognized 
(Anderson, 1951; Sibson, 1974); if both horizontal stresses are compressive mainly 
reverse faults become activated. Normal faulting typically occurs in response to 
horizontal tensile stresses. The switch of slip with normal component to slip with 
reverse component occurs approximately midway the transitional domain where 0"2 

is vertical. 
From our synthetic experiments we conclude that if a focal mechanism has a sig

nificant reverse component, the brittle strength is bounded by "compression" and 
"intermediate" curves in Figure 1. If a normal slip component has been observed, 
the brittle strength lies between "tension" and "intermediate" curves. A mechanism 
with a pure strike-slip character does not give any constraints on the brittle 
strength, so that the full strength range has to be taken into account. 

APPENDIXB 

Given the orientations of unit length T, P, and B axes we will show that the verti
cal slip component on both nodal planes has the same sign. Let X be north, Yeast, 
and Z vertically downward. To specify the orientation of a particular vector, we use 
angles rP and 6. rP is the angle between the projection of the vector on the horizontal 
X-Y plane and the X axis, measured clockwise. 6 is the clockwise angle between 
the horizontal projection of the vector and the vector itself. P, T, and B axes are 
typically given in lower hemisphere stereographic coordinates, so that 6 E [0, n/2] 
and rP E [0,2n]. 
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We define a matrix R that rotates X to the B axis (¢B, DB): 

( cos ¢B cos DB -sin¢B -COS¢BSinOB'I 
R= sin¢B cos DB COS¢B -Sin¢B sin DB jl	 osin DB	 cos DB 

If we let R- l work on T axis (¢r, or) and P axis (¢p, op), both P' =R- l P and 
1" = R- l T will lie in the Y-Z plane. We now define a third angle y, to specify the 
angle in the Y-Z plane between the P' or 1" axis and Z. We consider two cases: 1" 
closest to the vertical, Le., Yr E [-n/4, n/4], and P' closest to the Z axis. 

If1" is closest to the vertical in the system of north directing B axis, we define a 
second rotation matrix 

o o 'I 
V=	 COsrr -sinrr j 

sinrr cosrr 

so that 1" =R V 1"'. 1'" is the vertical unit vector. Slip vectors in the system of 

vertical 1'" axis and north directing B' axis are S'l = (0, ~ fI, - ~ fI) and S'2 

=(0, - ~ fI, - ~ fI). Slip vectors in the original system of P, B, and T axes can 
be calculated from 

Sl =R V S'l 

S2 = R V S'2 

Evaluation of the vertical slip components in the original system of P, B, and T 
axes yields 

Sf = - ~...J2 cos DB (cosrr - sinrr) 

S~ =- ~ fI cos DB (cos rr + sin Yr) 

for rr E [-n/4, n/4]. For the given range of rr, both vertical slip components have 
the same sign. 

By the same approach it can be shown that if the P' axes is closest to the vertical 
in the system of north directing B axis we have 
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Sf = ~...J2 cos 6B (cos yp - sin yp) 

S~ =~ -n cos t5B (cos yp + sin yp) 

for yp E [-n/4, n/4], so that both vertical slip components have either dip-slip or 
thrust components. 
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Chapter 3 

Extension of laterally homogeneous continental lithosphere
due to inplane forces 

INTRODUCIlON 

To study the response of continental lithosphere to various driving forces we 
have to consider the effect of thermal structure, boundary conditions and rheology. 
We employ a numerical method to solve the governing differential equations, be
cause this allows accurate calculation of stresses, strains, temperatures, etc. in ir
regular, non-homogeneous and deformable bodies with non-linear rheologies. lbis 
chapter is divided into three parts. The first part covers the flow laws which are 
used to model the rheological behavior of lithospheric materials. It is imperative to 
consider the limitations of the rheological laws we adopt in our models in view of 
their prominent effect on the results of our modeling. The second part iIlVOlves a 
brief description of the numerical method which is employed to solve the differen
tial equations that govern the evolution of stresses, strains and temperatures with 
time. There are no analytical models available for the evolution of stresses in two
dimensional structures with rheologies which are more complex than linear elastic 
or linear viscous. A comparison can, however, be made with the numerical model 
of Kusznir [1982] in which laterally homogeneous lithosphere is subject to a con
stant in-plane force. lbis is done in the third part, which begins with a description 
of the approximations and approaches that are made in Kusznir's model. A com
parison will be made with the results of Kusznir and Park [1987], who apply 
Kusznir's model to continental lithosphere. In the discussion special emphasis will 
be put on the relation between the numerical time step size and the extremely low 
viscosities in some parts of the lithosphere. 
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RHEOLOGY OF CONTINENTAL LITHOSPHERE 

In our model calculations we approximate the rheology of the lithosphere as a 
combination of elastic, viscous and visco-plastic behavior (Figure 1). We will 
show in the next paragraph how an empirical steady-state flow law results in an ef
fective viscosity TJeff and how brittle strength relates to the plastic yield criterion Y. 
In this paragraph we discuss the limitations and uncertainties in the underlying em
pirical flow laws. This discussion is far from complete; a comprehensive overview 
is given by Carter and Tsenn [1987]. Our purpose is to stress that empirical flow 
laws are only approximate descriptions of the material behavior at geological strain 
rates. 

Accurate knowledge of the flow properties of continental rocks is hampered by 
three classes of sources for uncertainties. First, the chemical constitution of the 
lithosphere is only known to a first approximation. It is to be expected that, with 
time, the distribution of material heterogeneities will be revealed with seismic tech
niques, but, in view of the sensitivity of some rheological properties to minute 
amounts of inclusions (e.g. Chopra and Patterson, 1984), spatial resolution will 
never allow us to pinpoint the flow behavior of a volume of rock at depth. 

The second class of sources for uncertainties in rheological laws includes vari
ables that relate to physical state. These include pressure, temperature, and vari
ables that are a function of deformation and initial "state", like grain size, disloca
tion density, contact surface roughness, crack tip shape, etc.. Brittle strength is 
first-order sensitive to the effective pressure as a function of depth, Le. the differ
ence between lithostatic and pore fluid pressure. The distribution of the lithostatic 
pressure with depth is fairly well constrained. The pore fluid pressure however de
pends strongly on the permeability and on the availability of a fluid phase. both of 
which are largely unknown. The pore fluid pressure can range from zero to super
lithostatic in general. Carter and Tsenn [1987] conclude that water is generally 
available in the continental crust and that regions of very low effective pressures 
are fairly common. However, Brace and Kohlstedt [1980] conclude that the perme
ability in the upper 5-8 km of the continental crust is high, so that pore fluid pres
sures would be hydrostatic in the upper crust. Estimates of geotherms are mainly 
based upon model predictions, thermometry and relatively few well temperatures. 
These methods all have their restrictions and the derived geo~erms are fairly rough 
estimates, especially at greater depths. Microstructural variables can be very im
portant physical parameters. For instance, when deformation occurs by Nabarro
Herring or Coble creep, the flow stress is controlled by grain size. Order of magni
tude changes in flow stress can be expected from variations in grain size. Grain 
sizes can range from a few centimeters to a few microns, but the actual distribution 
of grain size with depth is largely unknown. 
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Fig. 1. Model for the rheology ofcontinental lithosphere. 

The third class of sources for uncertainties in the model flow laws relate to the 
experimental conditions. As Ranalli [1987, p.304] summarizes it: 'Problems of ex
trapolation are central to the application of rheology to geodynamics'. From exper
iments on brittle rocks at pressures up to 600 MPa (1':$ 20 kIn) and temperatures up 
to 200°C, Byerlee [1978] derives a linear relation between strength and pressure. 
The validity of this relation below depths of 5 kIn is questioned by various authors 
(see Carter and Tsenn, 1987 and references therein). In the ductile field, flow laws 
derived from laboratory experiments of practical duration (Le. strain rates > 10-8 

S-l) are extrapolated to geological strain rates (typically < 10-13 S-I). Extrapola
tions of grainsize-sensitive flow laws suffer from an even greater uncertainty (Pa
terson, 1987; Carter and Tsenn, 1987). Extrapolation of brittle and ductile flow 
laws gives a "brittle-ductile transition" depth at which very high stresses can be 
supported. The brittle-transition peak is considered te be an artefact by many au
thors (Carter and Kirby, 1978; Kirby, 1983; Scholz, 1988); exhumed rocks de
formed in a brittle-transition zone show evidence for concurrent brittle and ductile 
deformation. Despite the importance of these zones, where most of the lithospheric 
stresses are supported, quantitative relations for the semi-brittle and low
temperature semi-ductile fields are not available. 

In summary, the chemical and physical conditions in the lithosphere are only 
roughly known. As a result, there are large discrepancies between flow laws for the 
upper crust, the lower crust and mantle. The empirical flow laws we use as a basis 
for our model calculations are approximate descriptions of the material behavior at 
geological strain rates. 



58 Chapter 3 

FINIlE ELEMENT APPROACH 

Governing equations 

In most tectonic problems accelerations can be neglected, and the mechanical 
equilibrium equations govern the motion of particles in a continuous body 

V . u + pX =0 (1) 

where u is the Cauchy stress tensor, p mass density and X body force (see the list 
of symbols at the end of this thesis). Equations (1) can be rewritten in a more suit
able form, when supplemented with the constitutive equations. We model the rheol
ogy of the lithosphere as a combination of elasto-visco-plasticity and non-linear 
visco-elasticity (Figure 1) 

i=D-1iT+Vu+Pu (2) 

A dot indicates a derivative with respect to time, i is the strain rate tensor, D the 
elasticity tensor, which is a function ofthe Young's modulus E and Poisson's ratio 
v (Jaeger and Cook, 1976), V the viscosity matrix, which is a function of the effec
tive viscosity TJeff and P is the plastic viscosity matrix, which depends on the brittle 
strength. The effective viscosity of rocks is strongly temperature controlled (Goet
ze, 1978), so that the system of partial differential equations (1)-(2) needs to be 
supplemented with the heat equation 

aT 
pCp at = V . (kVT) + H + u . E (3) 

where Cp is the specific heat at constant pressure, T is temperature, t time, k the 
conductivity tensor and H the heat production per unit volume. The terms on the 
right hand side of (3) depend on geometry, so that the system of equations (1)-(3) is 
fully coupled. In most tectonic problems, however, equations (1)-(2) and (3) can be 
solved sequentially as changes in geometry and temperature are small on time 
scales of the order of thousands of years. It is clear that the time step size in the nu
merical solution of the system of partial differential equations (1)-(3) needs to be 
small enough to satisfy this "uncoupling" requirement. 

The finite element method of solution is selected, since it allows accurate calcu
lation of stresses, strains, temperatures, etc. in irregular, non-homogeneous and de
formable bodies with complex and non-linear rheologies. An extensive body of lit
erature exists on the finite element method for the mechanical equilibrium and heat 
equations. Zienkiewicz [1977] and Desai and Abel [1972] give an excellent intro
duction to the finite element method. We have employed the TECTON finite ele
ment program (Melosh and Raefsky, 1980) for the solution of the mechanical equi
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librium equations. This program was extended to solve the heat equation in two di
mensions. 

The mechanical equilibrium equation is solved by minimizing the potential ener
gy functional that is related to equations (1). A displacement method is used to es
tablish the finite element equations. Displacement shape functions are linear in 
isoparametric quadrilateral and triangular elements, so that stresses and strains are 
constant in each element. The solution to the elasto-visco-plastic and non-linear 
visco-elastic creep is achieved by an implicit (tangential) algorithm (Hughes and 
Taylor, 1978; Melosh and Raefsky, 1980). In the Appendix we discuss the relation 
between time step size and stability, accuracy and oscillation limit for this algo
rithm. 

For solution of the heat equation we select linear shape functions for nodal tem
peratures. Temperature solutions are forwarded with time through an implicit algo
rithm. 

Gravity and isostlltic rebound forces 

McGarr [1988] argues that a hydrostatic stress is the only likely stress state in 
the absence of applied tectonic forces. Numerical experiments by Braun [1988] in
dicate that the tectonic history of continental lithosphere determines its state of 
stress even after hundreds of million years (Ma). The nature and the duration of a 
particular tectonic event both have impact on the state of stress. Long or repeated 
phases of tectonic activity facilitate the achievement of an equilibrium hydrostatic 
stress state. The best estimate that can be made for the state of stress prior to a new 
tectonic event is to assume an equilibrium hydrostatic stress. 

The hydrostatic stress in most of the continental lithosphere is larger in magni
tude than the deviatoric stresses that drive deformation. It seems therefore reason
able to remove the hydrostatic pressure from equations (1). In the "density
stripping" method (Braun, 1988; Williams and Richardson, 1991) the hydrostatic 
pressure Pgd (gravitational acceleration g, depth d) is replaced by restoring pres
sures at compositional boundaries. Braun [1988] shows that removing the hydro
static pressure from the equilibrium equations is equivalent to making the equations 
homogeneous. Consider a situation (Figure 2) where Z =0 is the original horizon
tal interface between two halfspaces of constant density, Pi and P2. The original 
configuration is assumed to be in equilibrium. The interface is deformed to new 
configuration z. Let capitals X =(X, Y, Z) describe the original coordinates and 
x=(x, y, z) the final, deformed configuration. If we assume plane strain condi
tions, the equations of static equilibrium (1) in the deformed configuration are 
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z.zl 
PI x ~ ------------------- --------------------------------------=---,.---
pz u 

Fig. 2. A flat surface separates two half spaces with constant densities, PI and P2' 
This surface is displaced by an anwunt u from its initial position x to a final posi
tion X. 

dO"xx dO"xz 
dX + dz = 0 

dO"yy 
= 0

dY 
dO"zz dO"xz 
dZ + dX = -pIgH(Z) - P2gH (-Z) 

where H (Z) is the Heavyside function. The body force works to restore the original 
equilibrium situation. We require continuity of the normal stress through the 
boundary Z = 0: 

O"n(Z =0+) =O"n(Z =0-) 

which is equivalent to continuity of the vertical stress if the interface slope is hardly 
changed by deformation (Le. Idu/dxl« 1): 

O"zz(Z =0+) =O"zz(Z =0-) 

Define a new stress tensor iT: 

iiij =O"ij + PIgzH(Z)oij + P2gzH(-Z)oij 

where 6 is the Kronecker delta function. With the new definition of the stress ten
sor the equilibrium equations become homogeneous: 
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daxx daxz 0+ -- = 
dX dZ 

dayy 
= 0

dY 
dazz dO'xz -- + = 0
dZ dX 

The continuity condition becomes 

an(Z = 0+) - Ptgz1z=Q+ = an(Z = 0-) - P2gzlZ=O"" 

or 

an(Z = 0+) = an(Z = 0-) - (P2 - Pt)gu 

because zlz =00" =zlz =0- =u. It can be shown that the constitutive equations still 
hold for the newly defined stress tensor ii. In the last equation we observe the 
restoring stress that is to be applied to a density contrast surface that is displaced 
over a vertical distance u. Forces equivalent to displacement can very conveniently 
be inco1porated in a finite element procedure. This is done by adding vertical elas
tic springs along density interfaces, which comes down to modifying diagonal ele
ments of the stiffness matrix (see Williams and Richardson [1991] for a very elabo
rate description of this procedure). 

In this very simple model we did not consider the effect of body forces arising 
from density changes. Density changes can result from local heating, chemical re
actions or phase transitions. These body forces are perturbations of the hydrostatic 
field and can therefore be inco1porated in the model as real body forces without 
leading to unstable results (Braun, 1988). In the next section we show how we cal
culate the body force contribution from a change in temperature. 

If the slope of a density interface does not change very much as a result of defor
mation, the density stripping method is a good approximation to a full stress de
scription. As it is assumed that initially the whole lithosphere is in hydrostatic 
equilibrium, the restoring pressures relate to the initial depth of a density interface. 
Modeling a thickened lithosphere that has not reached this equilibrium state re
quires the use of additional forces. 

Thernw-mechanical coupling forces 

Loads resulting from density changes due to thermal expansion and thermal 
stresses need to be added as body forces in the mechanical equation. The body 
force resulting from a change in density is 
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g Jap!!J' dYe 

e 

(volumetric expansion coefficient a, element volume V e ). Pressure variations due 
to thermal expansion (thermal stresses) are calculated from

J T
B DJ1EdVe 

e 

BT is the transpose of the matrix relating strain and displacements, E denotes 
strain. 

Constitutive equations/or elasto-viscous creep 

In the plane strain approximation, the constitutive equations for nonlinear elasto
viscous creep can be written 

. (1 + v) . . (aEITJejf )n-l 
Exx = E [(1 - v)axx - vazz] + 4TJeff [axt - azz] 

(1 + v) . . (aEITJejf )n-l 
Ezz = E [(1 - v)azz - vaxx] - 4TJeff [axt - azz] (4) 

(1+v). (aEITJejf)n-l
 
Exz = E a:xz + 2 a:xz
 

TJejf 

or, in shorthand 

i =D-liT + EVP 

power n, visco-plastic strain rate i VP , and the effective shear stress (Ranalli, 1987); 

[aXX 

1

1 I I ~ -aZZ )2 2J2aE=(2aijaij)2= (2 +axz 

(primes denote deviatoric tensor). 
Effective viscosities in (4) will be selected on the basis of empirical steady state 

flow laws derived from laboratory experiments. Typically, a uniaxial shortening ex
periment on a cylindrical sample results in a flow law 

EI = A(al - (2)n exp (- ~; ) 

with experimental pre-exponent A, power law activation energy Qpi and universal 
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gas constant R. In our finite element models, stresses and strain rates are not uni
axial, so we need to translate the experimental result to a law that is valid for more 
general stresses and strain rates. The resulting flow law should reflect the mechani
cal properties of the material and should therefore be insensitive to coordinate 
transformation. As a consequence, the general flow law will be expressed in terms 
of iIlVariants of the stress and strain rate tensors. We assume that the material is in
compressible and that the mechanical properties of the sample are isotropic. As
suming incompressibility is another way of saying that a purely isotropic stress 
does not induce ductile flow. This assumption is supported by experimental results. 
Experiments on single crystals (e.g. Durham and Goetze, 1977; Darot and 
Gueguen, 1981) indicate that the mechanical behavior of individual minerals can be 
anisotropic. Experiments performed on rock samples with sizes that are large com
pared to the grain size of the rock forming minerals will average out crystal 
anisotropy if the minerals don't have a strong preferred orientation. Preferred ori
emation developing during deformation can induce mechanical anisotropy, but this 
effect is typically limited to a factor of 10 in strain rate (Franssen and Spiers, 
1990). The generalized law that relates deviatoric strain rate components with 
stress components that follows from this specific experimental setup is 

l+n 
• Qpi n-l - 1 

E" = A I exp - - (TE A I = 3 2 • - . A 
I) p ( RT ) p 2 

By comparing the elasto-viscous strain rates in (4) with the above expression we 
arrive at 

= (2A )-lIn (QPI)1/elf pi exp nRT 

Time behavior ofnon-Newtonian flow 

In the previous paragraph we derived an expression for the effective viscosity in 
the non-linear stress-strain rate equations (4). To appreciate the difference between 
Newtonian and non-linear viscosities it is useful to investigate the time behavior for 
a simple experiment. We will derive a time constant for relaxation of a step dis
placement in a way that is similar to Melosh and Raefsky [1983]. 

For a material deforming by plane strain, the elastic strain due to a step displace
ment at t =0 is 
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Relaxation functions for Newtonian and non-Newtonian flow laws. 
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Fig. 3. Characteristic stress decay behavior for various non-linear rheologies. 

E = 1 + v [(1 - v)aO 
- vaO Jxx E xx zz 

l+V[ 0 OJE zz =-e (1- v)azz - vaxx 

1 + v 0 
Exz =--aE xz 

(initial stresses a~, a~z and a~). At t >0 the total strain rates (the sum of elastic 
and visco-plastic strain rates) 

E!' =Elf. + E~!'/] /] /] 

are approximately zero, as the decrease in the elastic stored energy with time is ap
proximately equal to the total dissipation due to permanent strain deformation 
mechanisms. Therefore, at later times 

6 8 10 
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1 + v [ . . ] (aEITJE)n-l
O=~ (1-v)a.o:-vazz + 4TJE (a.o:-azz ) 

1 + v [ ] (aEITJE)n-l
0= -- (l-v)a -va - (a -a )E zz.o: 4TJE .0: zz 

- 1 + v. (aEITJE)n-l

0 - --axz + a:x:z
 

E 2TJE
 

The differential equations can solved by standard techniques, giving for n> 1 
-1 

to t 
0".0: = 0'.0:(- (n -1) + l)n-l 

Tn 2(1 + V)TJE 
T =-~-=--1 

to t - n E(a~)n-l 
a':x:z= a xz(-(n-l)+l)n-l 

Tn 

} 
(a~ is the effective shear stress at t =0, Tn the non-Newtonian relaxation time). For 
comparison, in the Newtonian case, stresses decrease by an exponential law with 
relaxation time T: 

-t,..1 _
V.o:- a~ exp(-) 

T 2(1 + v)TJ
T=-t E a ' xz = a~ exp(-) }

T 

The relaxation behavior for the Newtonian and the non-linear rheology can be de
scribed as the initial stress times a time function. Figure 3 displays time character
istics for various stress exponents. Solid curves show the time behavior for Tn =T, 

Le. TJ = TJEI(aEITJE)n-l. The dashed curves in Figure 3 show the effect of doubling 
the initial stress. The behavior displayed in the dashed curves is typical for realistic 
parameter values. In comparison with the Newtonian case, the stress drop shortly 
after t =0 is larger in the nonlinear case, but at a few times the relaxation time the 
Newtonian stress residue is much smaller than in the non-linear case. This effect 
becomes stronger with increasing power n. 

Brittle strength 

At low pressure and temperature, rocks deform by brittle failure and slip on dis
crete faults. Brittle behavior is approximated by continuum deformation by elasto
visco-plastic flow of a Von Mises material. Viscous flow thus occurs if, at some 
depth, the stress exceeds the local yield strength criterion Y, which is defined by 

Y=a~+f'p 
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(pressure p; the pressure is assumed to be insensitive to tectonic driving stresses). 
The parameter f -which has the dimension of stress- is selected so that the brittle 
strength is that of Byerlee [1978], modified to include a hydrostatic pore fluid pres
sure. The rate of viscous flow after the yield strength has been exceeded is con
trolled by the viscosity 11 plastic (Fig. 1). Experiments with 11 plastic indicate that its 
exact value is unimportant as long as it is selected at the lower end of the range of 
viscosities lIejf that are used to model power law flow in the rest of the model. In 
fact. modeling brittle deformation as elasto-visco-plastic and not as elasto-plastic 
was selected for programming convenience; the difference between the two ap
proaches disappears with decreasing viscosity 11 plastic' 

BENCH MARK: IN-PLANE ExTENSION OF CONTINENTAL I...ITHOSPHERE 

No analytical models are available for non-homogeneous models with non-linear 
rheologies to compare the results of the finite element procedures with. A compari
son can however be made with a model derived by Kusznir [1982] for calculating 
the stress distribution with depth and time in lithosphere that is subject to an in
plane force. Kusznir and Park [1987] apply this model to continental lithosphere in 
extension. We show results of a finite element model that is designed to mimic a 
model of Kusznir and Park [1987]. 

The approach Kusznir [1982] makes in his model and the approximations that 
are involved will first be discussed. Next, we show that the accuracy of the finite 
element results degrades as a result of very low viscosity layers in the continental 
lithosphere. The overall accuracy can be improved by putting a lower limit to the 
viscosities. Differences between the finite element result and the result of Kusznir 
and Park [1987] are discussed. The model of Kusznir [1982] basically is one
dimensional. In the last section we investigate the validity of his model in a two
dimensional geometry. The rationale for doing this is that the assumptions made 
by Kusznir do not allow vertical gradients in strain, a basic requirement for litho
sphere scale faults to be operative. As SUCh. the last section can be regarded as a 
step to the next chapters, where we investigate conditions for initiation of litho
sphere scale detachment surfaces. 

The Kusznir model 

In the model of Kusznir [1982] a horizontal force Fx is applied uniformly in the 
horizontal x-direction (y is the perpendicular horizontal direction, Z depth) This 
force is kept constant with time, Le. 
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LIO"xdz =F x =constant 

(lithospheric thickness L) Differentiation with respect to time gives 

L(t) 

fJL fJO"xI
O"xCL, t) at + at dz =0 

At this point several assumptions are introduced: 

1.	 The lithospheric thickness L does not vary with time. As a result of this, the 
above equation reduces to 

L

dz =0Io-x

2.	 The total horizontal strain rate is uniform with depth. 

3.	 It is assumed that no strain occurs in the y-direction (plane strain) and 

4.	 that the vertical stress arising from the applied force is zero (plane stress). 

Finally, Kusznir [1982] arrives at equations for the temporal and spatial variations 
of stress 

t ( L	 I LI	 J III 0E O"xC2-v)-O"y(l-2v)	 00" = -	 dz dt - - 0"' dz + 0" 
x L (l _ v2 ) 61/ejf	 L x xIII 

t
 

C20"y - O"X») 0 0
 
O"y =I(VO"x 

. 
- E 61/ejf dt' + O"y - VO"x 

where O"~ =O"x(t=O) and O"~ =O"/t=O). These equations are solved with a finite 
difference method by Kusznir. 

The second assumption, that the total horizontal strain rate is uniform with 
depth, is not obvious. Imagine a two-dimensional model of a cross-section of a 
lithospheric .plate. The model has a large horizontal extent and in-plane forces of 
equal magnitude pull on the plate boundaries. For symmetry reasons the horizontal 
strain rate in the vertical center of the model, midway the two end loads, needs to 
be constant with depth. Away from the symmetry center, however, it is not clear a 
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priori how the horizontal strain rate behaves. Kusznir [1982] motivates this as
sumption stating that the lithospheric layers are "welded together". We will address 
this point again in the last section. 

Conceptually a uniform, constant in-plane force is difficult to establish exactly in 
a finite element procedure; At each time step the stresses in a column are integrated 
with depth to 'measure' the force. As long as the geotherm of the lithosphere is sta
ble and deformation is small, we are measuring the relaxation of the end load. If 
stress relaxation has occurred, one can opt for re-loading to the required level in a 
uniform manner, consistent with the initial uniform loading condition. Alterna
tively, one can restore the uniform force by adding a load proportional to the 
amount of relaxation has that has occurred. The first option leads to smaller 
changes of the horizontal strain rate with depth than the second. 

Another problem related to maintaining a constant in-plane force is that changes 
in temperature and deformation lead to additional horizontal force contributions 
that cannot easily be separated from the in-plane force component. Monitoring the 
in-plane force in a part of the model that is relatively stable is the most simple solu
tion to this. 

The plane strain assumption in the model of Kusznir [1982] is a classical one in 
geology and geophysics and applies well to structures that have a very long and rel
atively constant y-dimension. The plane stress assumption is typically used for 
plate-like structures. Here the argument is typically that the vertical stresses at the 
top and bottom of the plate disappear and can therefore not be very large in the in
terior. Note, however, that thinning of a 100 km thick lithospheric plate by 1% can 
cause buoyancy forces equivalent to 30 MPa deviatoric vertical stress. The assump
tion of no vertical stress is therefore only valid if deformation is very small. 

Extension modell 

Figure 4 shows the finite element grid and the initial steady-state geotherm of 
Modell. The thermal structure remains constant over the 10 Ma modeling time. 
Table 1 lists the rheological and thermal properties of the model. A uniform force 
of 1012 Nm-1 is built up in the first 10 years. The horizontal deviatoric stresses near 
the symmetry center of the model (x =0) are integrated to monitor the net horizon
tal force at each time step and, if necessary, the force is updated by adding a uni
form load. Deviations of the horizontal force remain within 0.1 %. 

Figure 5 displays the horizontal stress (jx' strain rate Ex, the ratio of the time step 
size at the oscillation limit !:ilose to the actual time step size, and the ratio of the 
time step size that is required for a modal accuracy of 1%, !:itAee' to the actual time 
step size. These quantities are measured near the symmetry axis of the model. The 
time step sizes in this model are !:it = 1 year (yr) for t E [0, 103 yr], !:it = 10 yr for t 
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Fig. 4. Mesh definition, mechanical boundary conditions and initial geotherm for continen
tal extension models 

Table 1a. Rheological data. 
n Qpl Api

kl/mo1e Pa-n s-1 

Upper crust Wet quartzite1
) 2.44 159.8 4.3562' 10-19 

Lower crust Plagioc1ase2) 3.2 238.5 1. 0348· 10-22 

Mantle Dry olivine3
) 3 440.9 3.15' 10-13 

1) Koch et al. [1980],2) Shelton and Thllis [1981], 
3) Goetze [1978] (modified, see text). 

Table 1b. Thermal data. 
H I kx = k z 

,uW1m2 W ImlK 
C 

m2/s~/K 
a 

K-1 

Upper 8 kID of crust 
Rest of Upper crust 
Lower crust 
Mantle 

3 
0.25 
0.1 
0 

2.5 
2.5 
2.5 
3.2 

1300 
1300 
1300 
1300 

3.2' 10-5 

3.2' 10-5 

3.2' 10-5 

3.2' 10-5 

E (loJ yr, 104 yr], M =100 yr for t E (104 yr, 0.1 million year], !J.t =1000 yr for t 
E (0.1 Ma, 1 Ma], and M= 104 yr for t E (l Ma, 10 Ma]. 

At t =103 yr the initially uniform force has redistributed by viscous flow in the 
most fluid layers in the lowermost part of the lithosphere. As the horizontal instan
taneous total strain rate is measured near the symmetry axis of the model it is ex
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Fig. 5. Extension modeli. Each column displays (from top to bottom) the horizontal stress, 
horizontal strain rate, oscillation limit percentage and the modal error percentage at a spe
cific time. 

pected not to vary with depth. Clearly, this is not the case; in the most fluid layers 
the strain rate is about 1-2 orders of magnitudes higher than in the rest of the mod
el. Here the oscillation limit ratio is greater than 100%, i.e. the time step size taken 
in the modeling is greater than that was required for oscillatory behavior not to oc
cur. The modal error percentage stays well below 10-4 and is therefore not a prob
lem. 

An important observation can be made from the results at t =103 yr. In our cal
culations we use a Crank-Nicholson (implicit) time marching scheme to forward 
the mechanical solutions in time. It was shown by Cormeau [1975] that this algo
rithm is stable at all time step sizes. From our result it is clear, however, that stabil
ity of the time marching scheme does not mean that the results are accurate. Some 
notion of the accuracy at a particular step size is required. The oscillation limit and 
modal error will prove to be important tools in judging the accuracy of the model 
results. 

At t =104 yr, 0.1 Ma, 1 Ma and 10 Ma the horizontal stress redistributes further, 
and the rheological layering of the lithosphere becomes apparent as the classical 
Christmas-tree stress profile emerges. At t =10 Ma a bulge in the lower half of the 
stress profile has shown up, although the material viscosity is very low here. This 
is, again, the result of cumulative inaccuracies at the highest modes, as may be 
clear from inspecting the corresponding oscillation percentage figure (note that we 
are showing the instantaneous time step limit percentages). Although we might 
not be very much interested in these very fluid layers from a geophysical point of 
view, as there is virtually no stress supported there, inaccuracies in these layers do 
in fact decrease the stresses in the more viscous layers in which we would like to 
have accurate results. 

Making the numerical time step size smaller is one way of increasing the accura
cy. Apart from giving practical problems with the large amount of computer time 
that would be required, this is also not a very appealing method; it would give more 
accurate results in a part of the model that is most affected by interaction with the 
mantle, which we do not model anyway. As there is no point in modeling the de
formation of these layers very accurately as long as processes in the mantle are not 
taken into account, we set a lower limit to the viscosity in the most fluid layers to 
get more accurate results in the regions we are interested in. Effectively, the strains 
in the lowest part of the lithosphere will be underestimated, but, as a result of im
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Fig. 6. Extension model 2. Each column displays (from top to bottom) the horizontal stress, 
horizontal strain rate and oscillation limit percentage at a specific time. 

proved accuracy, the predicted stresses will be low. The viscosity minimum will be 
estimated from the time step size via the relations we derived in the Appendix for 
the oscillation limit and modal error. In our models we check the influence on the 
results of using a viscosity minimum by decreasing the time step size. 

Extension model 2 

In the next model we retain all the parameter values of the previous model, with 
the exception that we put a lower limit to viscosities as discussed above. Figure 6 
shows horizontal stress, strain rate and time step variables at the symmetry axis. 
The overall pattern of development of the stress envelope (solid lines in the Figure) 
is similar to that of Figure 5. However, the 'mantle stress bulge' in the lower half of 
the model does not develop, and the peak stress in especially the upper crust is 
higher. Strain rates are constant in that part of the model where the oscillation limit 
ratio stays below 10%; we interpret that this is the part of the model where the re
sults are accurate. Experiments indicate that it is very well possible to get constant 
strain rates with depth by increasing the lower viscosity limit, Le. by decreasing the 
range of viscosities and making the model stiffer. This will, however, increase the 
stress bearing capacity of the lower lithosphere, so that the peak stresses in the 
crust and mantle directly beneath the Moho decrease. The criteria for the minimum 
viscosity carefully balance between too small minimum viscosities and too large 
viscosities, both which give more inaccurate results in the stronger parts of the 
lithosphere in which we are interested. 

In Figure 7 the evolution of the horizontal stress as a function of depth is shown. 
The results of Kusznir and Park [1987] are indicated by fat solid lines. Thin lines 
with box and circle symbols are the results of our finite element modeling, without 
and with isostatic restoring forces respectively. In most of the lithosphere the re
sults are approximately the same, except for the mantle region from the Moho to 60 
kmdepth. 

We have performed a few tests to explain this discrepancy; reducing the time 
step size to decrease the minimum viscosity and increasing the mesh density. None 
of these gave different results. 

Next, we investigate if the assumptions made by Kusznir [1982] in the formula
tion of the model cause the discrepancy. One of the assumptions is that the vertical 
stress O'z is zero. From the finite element results we find that indeed vertical stress
es are very small « O. 25 MPa), even if we include isostatic rebound forces. There
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Fig. 7. Comparison between Extension model 2, with and without isostatic restoring forces, 
and the results of Kusznir and Park [1987J. F x is the total horizontal force derived from 
the results ofKusznir and Park. 

fore, this assumption is not violated in our models. One other assumption made by 
Kusznir, that the in-plane force F x is constant, is investigated in Figure 7. Integrat
ing the stress profiles of Kusznir and Park [1987] with depth we calculate the F x at 
each time step. We observe that the actual horizontal force is always less than 1012 

N/m, up to 7% at 1000 year. 
Another source for discrepancies could obviously be parameter values that are 

different. As relaxation of stresses is quicker in the mantle part of the lithosphere 
of their models, possible candidates would be a higher geothermal gradient and dif
ferent rheological parameters. In their model Kusznir and Park incorporate a 
change in the rheological law to a "Dom creep" description above a transition 
stress of 200 MFa. It is clear from Figure 7 that 200 MPa stresses never occur in 
their model, so this cannot be the cause of their less viscous mantle. The activation 

-20 

-40 
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Fig. 8. Validity of the constant horizontal strain rate gradient assumption. End loads are 
applied at x = 3000 lan. 

energy for power law creep in olivine is reported by Goetze [1978] to be 510.4 
kJ/mole. Referring to Goetze's paper, Kusznir and Park [1987] use an activation 
energy of 440.9 kJ/mole. The finite element results that are shown in Figure 7 have 
been calculated with an activation energy of 440.9 kJ/mole. Would we use the orig
inal value for Q pi' the mantle in our calculations would become even stronger and 
the discrepancy with Kusznir and Park's results larger. If Kusznir and Park [1987] 
used the uni-axial rheological parameter A (see the "Constitutive equations for 
elasto-viscous creep" section) instead of effective parameter Api =4. 5· A, their ef
fective viscosity TJejf would be 1.651 times the viscosity we used. The discrepancy 
would therefore become larger if we would perform the calculations with a viscosi
ty based on uni-axial parameters. 

In summary, a good agreement between the results of Kusznir and Park [1987] 
and our finite element calculations is found in most of the model. We have however 
difficulty matching the results in the mantle part of the lithosphere. Careful consid
eration of sources for discrepancies did not make clear what exactly causes these 
differences. 
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Validity of the uniform strain rate assumption 

How well does Kusznir's [1982] assumption of a horizontal strain rate that is 
uniform with depth apply away from the vertical center of the model? To answer 
this question, we ran two very long models (3000 kIn). In the first model a uniform 
end load (Fx = 1012 N/m) is applied. In the second we apply an equal total force, 
but it is distributed differently; only the upper and lower 15 kIn of the lithosphere 
are stressed in this case. We do not believe that either of the two models represents 
realistic loading characteristics. The models are solely intended to monitor the sen
sitivity of strain rates to different load distributions. 

The normalized horizontal strain rate gradient (iE;! dixx(az) can be seen as the 
deviation of the horizontal strain rate from being constant with depth. Figure 8 dis
plays the maximum normalized strain rate gradient within a lithospheric column as 
a function of the horizontal position of that column. It can be seen that for both 
models the deviation is less than 10% per kilometer at a distance greater than 500 
kIn from the plate boundary (x =3000 kIn). We conclude that the distribution of the 
end load is insignificant within the inner part of the lithospheric plate, where the 
uniform horizontal strain rate assumption applies well. 

DISCUSSION AND CONCLUSIONS 

In this chapter we have given an introduction to the numerical method that is em
ployed in this thesis. The effective viscosities that are used to study the evolution of 
continental lithosphere are based on results from experimental studies. We empha
size that these empirical rheological laws have mostly been established under ex
perimental conditions that are completely different from natural conditions. There
fore, the flow laws should be regarded as rough indications of the response of litho
spheric materials to stress. 

We show that extremely low viscosities in the mantle part of continental litho
sphere yield inaccurate results in stronger parts of the lithosphere, in which we are 
interested. By putting a lower limit to the viscosities the overall numerical results 
become more accurate, at the expense of (strongly) underestimating the strains in 
the least viscous layers. The minimum viscosity limit is derived from the numerical 
time step size. Model calculations at decreased time step size are therefore required 
in order to check the dependence of the results in "interesting areas" on the viscosi
tyminimum. 

Since there are no appropriate analytical models to test our finite element code 
against, we investigate a model for extension of continental lithosphere to make a 
comparison with a model that was derived by Kusznir [1982] and that was used by 
Kusznir and Park [1987]. Good agreement with the results of Kusznir and Park 
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[1987] is found, with exception of the 30 km beneath the Moho, where the fit is 
poor. Careful investigation of these discrepancies could not elucidate the sources 
for the differences. 

We conclude from our modeling that the assumptions made by Kusznir [1982] 
are justified in a non-deforming, laterally homogeneous, thermally stable continen
tal lithosphere that is subject to an in-plane force. We find that the assumption of a 
horizontal strain that is uniform with depth applies well in regions more than 500 
km away from plate boundaries, independent of how the end load is distributed 
with depth. This conclusion is relevant as a step to the next chapters, in which we 
investigate the conditions that facilitate initiation of lithosphere scale faults. It is 
impossible for detachments to be operative in the absence of horizontal strain rate 
gradients with depth. We conclude that initiation of lithosphere-cutting detachment 
faults is unlikely in a laterally homogeneous and thermally stable continental litho
sphere that is subject to an in-plane force only. 

APPENDIX A. STABiliTY. OSCILLATION AND ACCURACY IN
 

QUASI-STATIC VISCO-ELASTIC FINITE ELEMENT ANALYSIS
 

Introduction 

Several publications on the subject of numerical stability of algorithms for the 
solution of quasi-static elasto-viscous finite element equations have seen the light 
in the past (Cormeau, 1975; Hughes and Taylor, 1978). Numerical stability is 
shown to be unconditional in some implicit algorithms and to be limited by the 
time step size in other implicit algorithms and explicit algorithms. Hughes (1987) 
proves that this family of implicit and explicit algorithms converges. We apply 
these results to the specific algorithms used in the TECTON finite element code 
(Melosh and Raefsky, 1980). 

In section (1) we will state the relevant equations for quasi-static elasto-viscous 
flow. In section (2) a short description of explicit and implicit time-stepping algo
rithms is introduced. Section (3) summarizes the stability analysis of Cormeau 
(1975) and Hughes and Taylor (1978). Convergence is proved in section (4) and 
the oscillation limit is derived. In this section the modal error is introduced, a quan
tity that will prove to give some insight in the accuracy of the solutions. In section 
(5) an upper bound to maximum eigenvalues are derived from the constitutive 
equations. Finally, in section (6) we show how a lower limit to effective viscosities 
is estimated from the numerical time step size. 
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(1) Problem sfJltement 

Let 0 be a bounded region in R3 with a piecewise smooth boundary. Vector and 
tensor fields on 0 are written in standard cartesian tensor notation, e.g. Ui is the ith 
component of the displacement vector. A comma is used to denote differentiation 
with respect to the cartesian coordinates, a superposed dot indicates time differenti
ation and the summation convention is employed for repeated indices. A general 
point in 0 is denoted x and t denotes time. 

The equations under consideration are 

CTij, j + Xi = ° (AU) 

the equilibrium equations, where CTij is the stress tensor and Xi denotes the given 
body force, 

iT·· = D (E-. - E~!') (Al.2)
I) IJ I) 

the constitutive equations, where D is the matrix of elastic properties, Eij is the to
tal strain rate tensor and EJ is the visco-plastic strain rate tensor, 

Eij = 2
1 

(Ui. j + Uj,;) (Al.3) 

(strain tensor Eij, displacements Ui), 

EJ =Pi/CTkl) (Al.4) 

Le., visco-plastic strain rates are given functions of the components of the stress 
tensor. 

The quasi-static initial-boundary-value problem consists of finding a displace
ment field Ui(X, t) and stress field CTij(X, t) which satisfy equations (Al.I) to (AlA) 
for all xEQ and tE[O, T], T > 0, such that 

Ui(x, 0) = UOi(X), xEO 

CTi/X,O) = CTOij (x), xEO 
(Al.S)

ui(x, t) = 8i(x, t), XE60 10 tE[O, T] }
nj(x)CTyCX, t) = hi(x, t), xE602, tE[O, T] 

where UOi and CTOij are the given initial data, 8i and hi are the given boundary condi
tion data, n is the outward normal vector to 60 and 601 and 602 are subregions of 
60 so that 601u602 =6Q and 601n602 =¢. CTOij should equilibrate Xi at 
t =0, and the boundary and initial data should be compatible. 
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(2) Algorithms 

Bold-printed symbols denote vector or matrix entities, indices relate to time. 
The standard variational approach of establishing the finite element equations for 
(A1.l)-(A1.4) by the displacement method (see, for example Zienkiewicz, 1977) 
amounts to obtaining solutions to 

[ BT
Un dQ=Fn	 (A2.I) 

B = B(x) is the strain-displacement matrix, Un = u(x, tn) and F n = F(tn) is the 
global force vector. 

Un+l - Un =DB(un+l - Un) - dtn+lDfJ(un+a ) (A2.2) 

where dtn+l is the time step size in the forthcoming time step and 

Un+a =(1- a)un + aUn+l (A2.3) 

Thble AI. Explicit algorithm 

1.	 Initialization: Set n = 0 and E~P = 0, form stiffness matrix K and F 0 and 
compute elastic solution Uo = K-1F 0 and Uo = DBuo. 

2.	 Determine next time step size,1tn+1 and define E~~l = E~P + dtn+l fJn. 
3.	 Form F n+1• 

4.	 Solve KUn+l = IB T DE~~ldQ + F~'7t°sed for displacements Un+l 

5.	 Un+l =D(Bun+l - E~l) 
n 

6.	 set n to n + 1. IfE dti < T goto 2, otherwise stop 
i=l 

Nonlinearities, which, in general, necessitate use of iteration, enter through fJ. 
Table Al summarizes the main steps of the explicit (Euler) solution algorithm that 
was developed and successfully employed by Zienkiewicz and Cormeau (1974). 
The advantages of this algorithm are that it is concise, simply coded and that the 
stiffness matrix K is factored once and for all. The main disadvantage is the rather 
stringent stability condition on the time step (see Section 3). 

In table A2 the main steps of the implicit method (tangential, Newton-Raphson) 



80	 Chapter 3 

Thble A2. Implicit algorithm 

Defining S =D-1, fJ' is the Jacobian matrix formed by differentiating fJ with 
respect to components of Un and aE[O, 1]: 

1.	 Initialization: Set n =0 and E~P =0, form K and F 0 and compute clastic 
solution Uo =K-1F 0 and Uo =DBuo. 

2.	 Determine next time step size Atn+1 

T3.	 Form F n+l =JB (S + aAtn+lfJn,)-I(Atn+lfJn)dQ + F~;:osed 

IB
Tand K n+1 = (S + aAtn+lfJn')-1 BdQ 

4.	 Solve K n+16Un+l =F n+l 
5.	 6Un+l =(S + aAtn+1fJn')-I(fJ6un+l - Atn+lfJn). 
6.	 Update Un+l =Un + 6Un+l
 

and Un+l =Un + 6Un+l
 

7.	 set n to n + 1. If 1:
n 

At; < T goto 2, otherwise stop
 
;=1
 

are summarized. It will be shown that for appropriate values of a the algorithm is 
unconditionally stable, but the price we pay is that K needs to be reformulated and 
factored more often, generally a time-consuming task. 

(3) Stllbility analysis 

It will become clear later, when we give the full constitutive expressions, that we 
can write 

fJ(U) =r(u)u 

A very important result established by Cormeau (1975) is that the finite clement 
equations (A2.l) are equivalent to solving a system of non-linear first order ordi
nary differential equations of the form 

(A3.1) 

with compound vectors and matrices denote complete sets of integrating point val
ues: 
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~ (T T T)T
L. = 001 ' 002 , ••• 000 

o ') (D 1 0 ') 

Co [ J D =lo' DJo 
S =DBK-1BT D _ DC 1
 

E=DBK-1j;
 

B =(Bf, BL ... B~l
 

- vpT vpT vpT T 
EVP =(E 1 ,E2 , ••. EO ) =rl: 

Subscripts 0, 2, ... , G) refer to integration points, Cj are positive weights associat
ed with the integrating rule. The system of differential equations (A3.l), together 
with initial conditions, determines a unique stress history E(t) under the sole as
sumption that it be Lipschitzian (Le. that a finite time increment yields a finite 
stress increment) (Cormeau, 1975). 

We will invoke the following hypotheses in the stability analysis: 

• S is symmetric, negative semi-definite (eigenvalues ~O) (Cormeau, 1975). 

· r is symmetric, positive semi-definite (eigenvalues ~O). It will be shown 
that this is true for the constitutive equations we will be using. 

• F =0, Le. we will look only at relaxation behavior! 

Let 

L=cr 
From the hypothesis it follows that L is symmetric positive definite. 

In terms of the quantity E, the algorithm of table A2 amounts to solving the fol
lowing equation 

(A3.2) 

where En+a =0- a)En + aEn+lo etc. The numerical stability of a difference 
marching scheme is the property of the method. by which 
(i) the accumulated truncation error vanishes 
(ii)	 the accumulated roundoff error remains bounded in the limit after an infinite 

number of time steps. 

Hughes and Taylor (1978) propose the following stability condition 
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lI:En+11In+a ~ lI:Enlln+a 

for each n =0, 1,2, ... , where the norm 1111n+a is defined by 
2 T-

IIXlln+a =X Ln+aX 

By considering the eigenvalue problem that is associated with (A3.2) it is shown 
that this stability criterion yields a useful measure of stability. Consider the eigen
value problem 

(A3.3) 

By virtue of the properties of S and i, the eigenvectors constitute a complete, or
thogonal set and the eigenvalues are real and satisfy Ai ~ O. The inner product can 
be used to scale the eigenvectors such that liT in+afpi =Oij. Employing these prop
erties, stresses can be developed from their modal components: 

:En = Dt~li) 
i (A3.4) 

:En+1 = r,(t~+lli) } 
Multiplying (A3.2) by liT in+a and employing (A3.4), results in modal equations 

(A3.5) 

or, more conveniently, 

with 

i l+.1tn+l(l-a)A.i
A = .

1 - .1tn+laAI 

Thus, if IAil ~ 1, then each modal component Itn+11~ Itnl. Since liT in+ali =oij 

II:En+1 11 2 = r,(t~+1Ii)2 = DAit~li)2 
i i 

~ r,(t~li)2 = lI:En 11 2 

i 

by Parseval's inequality. If a ~ 1/2, IAi I~ 1 for all time step sizes, i.e. the algo
rithm is unconditionally stable. If a< 1/2 the requirement IAil~ 1 restricts the time 
step size to 



Extension of laterally homogenous continental lithosphere 83 

2 
Atn+l :s; (1- 2a).l 

where A=m~ l.lil. In practice. these requirements prove to be stringent (Hughes 
I 

and Taylor. 1978). 

(4) Convergence 

Convergence can be seen from the following. If we replace in (A3.5) model 
stresses by their exact values we obtain an expression of the form 

tCtn+l) - tCtn) - At.litCtn+a) =At· TCtn) 

We will prove that ITCtn)l:s; cAtt • for all tE[O. T]. where c is a constant indepen

dent of At and k = 1 in general. except if a = ~ in which case k = 2. 

Proof We expand tCtn+1) and tCtn) about tn+a in a finite Taylor series expan
sion. 

- - ((1 - a)At)2 2
At· TCtn) =L(tn+a) + (1- a)AtdtL(tn+a) + 2 dtL(tn+a) 

((l-a)At)3 3- - 
+ , dtL(tn+a) - L(tn+a) + aAtdtLCtn+a)

3. 3 
(aAt)2 2- (aAt) 3- - 0 4 

- -2- dtL(tn+a ) + --,- dtL(tn+a ) - At.lL(tn+a ) + (At)
3. 

- - (1 - 2a)At2 
2 

= At(dtL(tn+a) - .lLCtn+a)) + 2 dtL(tn+a)
 

(3a
2 

- 3a + l)Ar3 cr.f'f ) O(A 4)
+ 6 t~J·...tn+a + t 

And. since we were trying to solve the homogeneous equation dtt = At 

TCtn) =(1 - 2a) O(At) + (3a(a - 1) + 1) O(At2) + O(At3
) 0 

Together. stability and consistency (Le. k ~ 0) are sufficient requirements for con
vergence (e.g. Hughes. 1987). 

The relative local truncation error in the i-th modal component can be written 
more explicitly as 

T(tn) (1-2a) 2 (3a(a-l) + 1) 3 2 0 4 3T = 2 A· At + 6 A . At + (A· At ) 

Note that for a = ~ the modal accuracy is optimal. 
A further important notion is that of the oscillation limit. The amplification fac

tor 
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i 1 + &(1- a)Ai 

A = .
1 - AtaA' 

becomes zero if AiAt =-1/(1- a). If AiAt is less. A is negative and the sign of An 
changes in each time step. To prevent oscillatory behavior of the highest modes 
(the ones with the largest eigenvalues) the time step should be 

1
At:S: ----

(l-a)Amax 

(5) Upper bound to maximum eigenvalues 

Estimates of critical time step sizes related to the stability. the oscillation limit 
and the relative modal truncation error all involve the largest eigenvalue of the 
eigenvalue problem (A3.3). For a "I' 0 the eigenvalues depend on both 'En and 'En+1• 

Therefore. the criteria that have been developed can not be used as a priori time 
step restrictions in general. In this section we estimate upper bounds to the maxi
mum eigenvalue from the constitutive equations. 

Melosh and Raefsky (1980) propose the following constimtive equations for 
nonlinear visco-elasticity 

(1 + v) . . 
E [(1 - v)axx - vazz] 

(1 + v) . . 
(AS.!)E [(1 - v)azz - vaxx] 

(1 + v) . 
E ax:z 

where 

[( a XX - a ZZ )2 2J2
1 

aE = 2 + ax:z 

aE is the second invariant of the stress deviator for plane stress. 
The constitutive equations can be rewritten in terms of stress rates 
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(a.•J E ((I-v) v 0 ~(iz:tl (al )11-1(1 -1 0laJ,.!}
~<%J - (I +v)(l- 2v) l v (1- v) 0 l~"J - E4~'!If l-1 1 0 a<%J0 0 0 0 2ar;: (l-2v) Er;: ejf an 

A. 0 ~(~xxI (aE hlejf)lI-l ( 1 -1 0laxxI} 
A.+2jJ. 0 l~"J- 411ejf l-1 10 attJ o jJ. Yr;: 0 0 4 ax. 

Lam6 parameters A=E v/(1 - 2v)(1 +v) and J.L =E /2(1 + v). This can be rewritten 

i VPiT =D(i - ) 

where 

(AS.2) 

The above formulation avoids problems related to maintaining incompressibility 
during viscous flow; at any moment (uxx + u zz ) =(u~ + u~z). 

The advantage of the above formulation becomes clear when we re-write power 
law relations in terms of the effective viscosity 

-~ (Q)TJejf = (2A) n exp -- (AS.3)
nRT 

so that the effective viscosity in a given material depends solely on temperature. 
The Jacobian of the stress-strain rate matrix fJ can be explicitly written 

dfJ d ddT 
:I = ( -:..-, :;--- , -:..-) (tJxx, tJzz, tJxz ) 
ou oaxx oazz oaxz 

( UJDt.-U12~ CTD-Ull~ u;a-u12 " 

l
l+(n_1X-_J -[1+(n-1X--Jl (n_1)--z-unj

1 2UE 2uE UE 
(uEI'Ii!/! r- CTxz - (Tzz CTn - (TZl 2 CTrl - CTzz 

- -[1+(n-1)(--Yl 1+(n-1)(--) -(n-1)--Z-un (AS.4)
4,,~ 2UE 2uE UE 

~-~ ~-~ ~2
(n-l)--z- Un -(n-1) -----.---- Un 4[1 + (n-l)(-) 1 

~ ~ ~ 

To estimate the maximum eigenvalue belonging to (A3.3) we can as well consid
er the equation 

(Ln+as - Ai)(Ln+ali) =0 

(note that the eigenvectors are different, however). Replacing L by cr, and drop
ping the time indices, the eigenvalue problem becomes 
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(AS.5) 

From (A5.2) we observe that the local t-matrix is symmetric positive definite, so 
that since the integration weights Ci are positive, et =tc > O. Since S is a sym
metric semi-negative definite matrix, eigenvalues of (A5.5) are negative or zero. If 
we rewrite the eigenvalue problem 

(S)~' =A(e-lr-l)~, 

for which we can derive the Rayleigh quotient for a vector X: 
_ XTSX 

Q(X) = T -1 1 ~ 0 
XC r X 

from which we can get the magnitude of the maximum eigenvalue 

A =max IQ(X)I
x 

Expanding Swe have 

XT DC-1X XTDiiK-1iiT X]
A =max - ---=---:------,:--

X [ XT e-1r-1X XT e-1t-1X 

As the second term is positive 

XT DC-IX 
A ~ max ----;;;----;------;-

X xTc-1r- l x 
which is the Rayleigh coefficient of the rclated eigenvalue problem (A, ~.) defined 
by 

(jj)~. = A(f-l)~. 

or of the alternative problem (with the same eigenvalues, but different eigenvectors) 

(Dn~· =A~· 

so that, due to the block diagonal structure of both t and jj

yTr.y)
A ~ . max max T ~1( D i1=1, •••• 0 1I Y Y 

Amax(ri) ) 
~. max ( -1 

1=1, •••, G Amin(Di ) 

which comes down to 
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( E(CTE/TJejf)n-l ') 
(AS.6)A~ max l )i=l •... , NUMEL (l + v)(l- 2v)TJejf 

As expected, the strongest time step constraints (largest eigenvalues) come from el
ements with the lowest effective viscosities. 

(6) Minimum viscosity 

Given the estimate for the largest eigenvalue (A5.6), equations (A4.l) and (A4.2) 
can be used to set the viscosity minimum at a given time step size tit. In case of a 
Crank-Nicholson scheme (a =0.5), if a modal error percentage 6 =-rlt is required. 
we can write 

1 

Am =(246/tit2 fj 

From the oscillation limit (A4.2) we get 

2
A=

o tit 

and 

Am ! 
= (3 . {1 • tit)3-

Ao 

Typically, tit will be of the order of thousands of years (O(lOlOseconds» and 
6<0.1. so that Am> Ao. The strongest constraint on the minimum viscosity there
fore comes from the oscillation limit. Equation (A5.6) can be used to relate Ao to 
Tlmin: 

E 
Tlmin = -(l---v)-(-I---2-v)-A

o 
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Chapter 4 

Initiation of Lithosphere Scale Faults: Extension of Stable 
Continental Lithosphere t 

R. Govers and MJ.R. Wortel 

ABSTRACf 

Extension of continental lithosphere and basin formation, in some regions of the 
world, appears to be reasonably well described by the pure shear model. The kine
matics of continental extension beneath other basins seems to be rather well de
scribed by the simple shear model. Geological evidence suggests that, once litho
sphere-scale zones of localized deformation have been formed, they tend to stay 
operative in subsequent tectonic phases. We focus on the stages in the evolution of 
continental lithosphere when these weak zones are initiated. Lithosphere-scale 
faults may grow at lateral material discontinuities, but there is no evidence that 
these weak zones are always initiated along material boundaries. It is the purpose 
of this paper to investigate the physical conditions that control the initiation of 
weak zones in continental lithosphere which is laterally fairly homogeneous. 

Once they have been initiated, faults and shear zones that cut strong layers in the 
lithosphere will have a major influence on the evolution during extension. We in
vestigate the physical conditions for strain localization in the upper mantle directly 
beneath the Moho. Based on extrapolated experimental flow laws, this region repre
sents the strongest part of the continental lithosphere. Strain localization in the 
shallow upper mantle is therefore expected to have a pronounced effect on the re
sponse of the lithosphere during extension. 

Low viscosities in the lower crust decouple the crust mechanically from the up
per mantle. Causes for strain localization must therefore be sought in the mantle it-

t	 This chapter has been submitted for publication as: R. Gavers and MJ.R. Wortel. Extension of 
Stable Continental Lithosphere and the Initiation of Lithosphere Scale Faults, Tectonics, 1993. 
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self. In this study we investigate whether boudinageing and strain weakening lead 
to localized deformation in the upper mantle. We focus on the evolution of thermo
mechanical models of continental lithosphere that initially are close to mechanical 
and thermal equilibrium. In-plane forces resulting from plate boundary processes 
generate intraplate stresses that are transmitted to interior parts of the continental 
plate. 

We conclude that boudinageing does not evolve from small-scale perturbations 
during continental extension. Boudinageing as a mechanism to localize strain in the 
upper mantle is therefore discarded. The weakening effect of a deformation mech
anism transition from dislocation creep to diffusion creep is several orders of mag
nitude. Our modeling results suggest that strain localization as a result of strain 
weakening will not occur in stable continental lithosphere. Initiation of litho
sphere-scale faults in continental lithosphere which is laterally fairly homogeneous 
and which is mechanically and thermally close to equilibrium is concluded to be 
unlikely. 

IN!RODUCTION 

The lithospheric stretching model that was originally proposed by Artemjev and 
Artyushkov (1971) and analyzed by McKenzie (1978) and the simple shear model 
of Wernicke (1981; 1985) represent end-members of a range of models that de
scribe the kinematics of continental extension. With these models, and intermedi
ate derivatives from them (Royden and Keen. 1980; Kusznir and Egan, 1989; Lister 
and Davis, 1989), it appeared very well possible to describe the first order kinemat
ics of extending continental lithosphere. Interpretations are not always unique; in 
the North Sea basin, for instance, both the simple shear and the pure shear stretch
ing model are advocated (Gibbs, 1984; Beach, 1986; Gibbs, 1987; Klemperer and 
White, 1989; White, 1989; Latin and White, 1990). In some basins the pure shear 
model seems a reasonable description of the extensional strain of the underlying 
lithosphere, whereas the simple shear model is a reasonable description of the kine
matics of other basins. Thus, the problem of lithospheric extension is to under
stand what conditions determine the mode of extension. 

Once lithosphere-scale zones of localized deformation have been formed they 
tend to stay operative in subsequent tectonic phases (White et aI., 1986). Lister and 
Davis (1989) argue that weak zones cutting rheologically strong layers control the 
evolution of extending lithosphere. Therefore, one of the central issues related to 
the problem of lithospheric extension is to understand under what conditions litho
sphere-cutting faults initiate. One pOSSibility is that these weak zones grow along 
lateral material discontinuities, which may for instance be the result of accretion 
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processes. There is, however, no compelling evidence that rifting and basin forma
tion always occur along pre-existing lateral inhomogeneities. Localized strain in 
mantle peridotites which might be related to lithosphere-scale faults, is not associ
ated with lateral inhomogeneities (R.L.M. Vissers, personal communication). In 
this chapter we, therefore, investigate the conditions for strain localization in the 
upper mantle of stable continental lithosphere. We define stable lithosphere as 
lithosphere which thermally and mechanically is close to equilibrium, meaning that 
the geothermal gradient is constant and strain rates are lower than 3· 10-16 s-l (1% 
strain in 100 milion year (Ma)). It is clear that lithosphere which has been subject 
to a recent thermal and/or tectonic event is not stable, since stresses have not yet 
equilibrated to the new boundary conditions and temperatures are transient. We put 
special emphasis on the region just beneath the Moho because the upper mantle has 
the largest load bearing capacity (Kirby and Kronenberg, 1987, and references 
therein); localization of strain in upper mantle rocks undoubtly will have the most 
prominent effects on the evolution of the extending lithosphere. Causes for break:
ing the strong sub-Moho layers must be sought in the mantle itself, since the upper 
mantle and lower crust are expected to be mechanically decoupled by low viscosi
ties in normal lower crust We investigate two mechanisms that have been pro
posed for strain localization in continental lithosphere; boudinage and strain soften
ing. 

Theoretical studies predict that (parts of) the lithosphere will boudinage during 
extension (Fletcher and Hallet, 1983; Zuber et al., 1986; Ricard and Froidevaux, 
1986; Martinod and Davy, 1992; Aeitout et al., 1993). Boudinageing has been put 
forward to explain observations of structures that exhibit spatial periodicity, both in 
oceanic (Moriceau and Fleitout, 1989) and continental lithosphere (Fletcher and 
Hallet, 1983; Ricard and Froidevaux, 1986). The inhomogeneous deformation as
sociated with pinch and swell structures could be relevant in the context of initiat
ing lithosphere-scale faults. We will therefore investigate a large deformation mod
el of continental extension under conditions which are predicted to be favorable for 
the development of boudinage. 

Large deformation models of continental extension (Houseman and England, 
1986; Braun and Beaumont, 1987; Braun and Beaumont, 1989a; 1989b; Dunbar 
and Sawyer, 1989; Bassi, 1991; Christensen, 1992) are based upon steady state 
flow laws that relate composition, strain rate, temperature and stress at a constant 
microstructure. The assumption of constant microstructure, Le. that material pa
rameters like grain size, preferred orientation and metamorphic phase are constant, 
is very important. In large strain models, the effect of variations in microstructure 
become prominent because a strain-induced change of deformation mechanism is 
likely to occur. (White, 1973; White, 1976; Karato et al. 1986; Brodie and Rutter 
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Fig. 1. Generalized model of continental lithosphere. For economy reasons only the right 
half is modeled. Mechanical and thermal boundary conditions on the left side reflect sym
metry. The model is assumed to continue to the right infinitely. This is reflected in the 
mechanical and thermal boundary conditions ofno-tilt and no horizontal heat flOW. The top 
of the lithosphere is at <rC, and a constant basal heat flow qb is applied to the lower 
boundary. Isostatic rebound forces act on density interfaces and a uniform force is applied 
to the right boundary. See text for explanation. 

1987; Rutter and Brodie 1988; Handy, 1989; Drury et ai., 1991). One especially 
important consequence of a non-constant microstructure could be that defonnation 
localizes in peIVasive zones. In this case, the continuum deformation approach that 
is adopted in lithosphere defonnation models breaks down as the overall litho
spheric strength and deformation behavior is controlled by "fault zones" that con
stitute only a minor part of the total volume. We use a numerical method to investi
gate whether strain localizes when a dramatic rheological weakening occurs due to 
a change in deformation mechanism from dislocation creep to diffusion creep. 

1lIERMO-MECHANICAL MODEL AND FINITE ELEMENT APPROACH 

To model large deformation continental extension, we employ a finite element 
method to obtain solutions to the coupled differential equations that control the me
chanical and thermal evolution of the lithosphere. The selected mechanical finite 
element code, TECTON, developed by Melosh and Raefsky (1980) (see also 
Me10sh and Raefsky, 1981; Me10sh and Raefsky, 1983; Me10sh and Williams, 
1989), solves the mechanical equilibrium equations for nodal displacements by lin
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ear shape functions using an implicit time stepping scheme. We have supplemented 
the code with a thermal finite element program that solves for nodal temperatures 
by linear shape functions on the same grid with an implicit scheme to forward the 
solutions with time. 

We will assume plane strain, Le. that the horizontal extent of our models perpen
dicular to the cross-sectional plane is large compared to the scale of the model in 
the plane of the figures. The models are symmetric around a vertical axis on the left 
hand boundary of the model; for economy reasons calculations are only performed 
in the right hand side of the model (Figure 1). Mechanical and thermal boundary 
conditions (b.c.) on the left hand boundary are formulated to reflect the symmetry: 
horizontal displacements and horizontal heat flux are zero on this side. In our fig
ures we will only show the results in the right hand side of the model. 

We use the "density-stripping" method (Braun, 1988; Williams and Richardson, 
1991) to calculate the isostatic restoring pressures at density interfaces and to ob
tain the uplift of the surface. This method is a good approximation to solving the 
full mechanical equations (including gravity) in the absence of strong horizontal 
density gradients (Braun, 1988). A small density inversion of 50 kg/m3 is modeled 
on the lithosphere/asthenosphere boundary. Thermal b.c:s on horizontal interfaces 
are zero °C temperature at the surface and a constant basal heat flux on the lower 
boundary of the model. The b.c.'s on the right hand side of the model reflect the as
sumption that the plate continues to the right; the horizomal heat flow is zero and 
mechanically this is a no-tilt boundary. 

In this study we apply a horizontal in-plane force -constant in time and uniform 
with depth- to the right: hand boundary of the model. This force hc. is used to 
model boundary conditions associated with plate boundary forces (e.g. slab pull, 
trench resistance) and body forces (e.g. ridge push, density moment distributions) 
which are transmitted to interior parts of the continental plate. Geological data 
from compressive regions suggest that the rate of axial shorting decreases with 
time. Wdowinski and O'Connell (1990) conclude therefore that in-plane force 
b.c:s are more appropriate than constant velocity b.c.'s. A constant strain rate b.c. 
does also imply a decreasing indentation velocity with time, but this b.c. is more 
difficult to implement in a displacement based finite element procedure. For conti
nental extension, Sawyer (1985) shows that constant velocity and constant strain 
rate b.c.'s are equivalem to an end load that decreases with time. She shows that 
both b.c.'s can cause continental breakup. It is therefore to be expected that a con
stant in-plane force b.c. will lead to rifting and oceanization. 
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Table la. Rheological data 
npi Qpi 

kJ/mole 
Api 

Pa-ns-1 

Upper crust 
Lower crust 
Mantle 

Wet quartzite1) 

Granulite2) 

Wet olivine3) 

3.1 
3.1 
3 

135 
243 
420 

7.7621 . 10-26 

9.5534 . 10-21 

8.5746' 10-15 

1) Paterson and Luan [1990], 2) Wllks and Carter [1990], 
3) Rutter and Brodie [1988] 

Mantle Wet olivine3) 1 240 0.6253 

Thble 1b. Thermal data. 
Roo 

,uWlm3 
koo 

Wm-1K-1 
C 

Jkg-{K-1 
a 

K-1 

Upper crust 
Lower crust 
Mantle 

1.37 
0.45 
0.02 

2.56 
2.60 
3.20 

1300 
1300 
1300 

3.2' 10-5 

3.2' 10-5 

3.2' 10-5 

Composition, temperatures and rheology 

The continental lithosphere is modeled as a three layer system; upper crust, low
er crust and mantle. Mechanically, the model lithosphere is a continuum which can 
achieve permanent strain by thermally activated viscous flow or by plastic failure, 
which is selected to approximate Byerlee's (1978) yield strength. The rheology is 
elastic, viscous or plastic depending on the composition, pressure, stress and tem
perature. In the upper crust we assume a "wet" quartzite viscous rheology (Pater
son and Luan, 1990), in the lower crust a "wet" granulite rheology (Wtlks and 
Carter, 1990) and in the mantle a "wet" olivine rheology (Rutter and Brodie, 1988). 
The rheological data are given in Thble 1a. The steady state flow laws we adopt are 
the result of extrapolation of empirical results, and should therefore be considered 
as first order estimates of the stresses at specific strain rates. For calculation of 
(initially steady state) geotherms we use the thermal parameters suggested by 
Chapman (1986). Pressure and temperature dependence of the upper crustal con
ductivity is included by selecting average conductivities that are a function of the 
initial surface heat flow. 
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Fig. 2. Initial finite element grid and isotherms ofboudinage model. Filled thick lines indi
cate density interfaces below the upper and lower crust. 

BOUDINAGE 

Theoretical studies based upon linear stability analysis, predict that periodic in
stabilities (mainly boudinage) can develop in laterally homogeneous continental 
lithosphere in extension (Fletcher and Hallet, 1983; Zuber et al., 1986; Ricard and 
Froidevaux, 1986; Martinod' and Davy, 1992). It is argued that heterogeneous de
formation often is energetically more favorable than uniform stretching. The theo
retical models are based upon visco-plastic rheologies and neglect the elastic 
strength of the lithosphere. The linear stability analysis is valid only for small 
strains. Martinod and Davy (1992) use viscosities derived from powerlaw flow 
laws to predict geothermal gradients at which boudinage would take place. 

Boudinageing is potentially important for the problem of continental extension 
and, therefore, we will investigate whether boudinage actually develops in large de
formation models. Martinod and Davy (1992) predict that two types of periodic in
stabilities can develop in continental extension: boudinage "of opposite phase" and 
crustal boudinage. In the "opposite phase" mode of boudinage both the upper crust 
and the upper mantle immediately beneath the Moho are boudinaged, with a pinch 
and swell variation of opposite phases, Le. if there is a pinch in the upper crust, 
there is a swell in the mantle and vice versa. Crustal boudinage solely affects the 
upper crust, and is therefore considered less relevant for strain localization in the 
upper mantle. 
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Fig. 3. Results of the boudinage 
model. (a) Moho topography as a 
function of amount of stretching, p. 
Initially, the initial topography 
decreases. At p=2.26 Moho ampli
tudes begin to increase slowly. (b) 
Wavelength spectra as a function of 
p. The "pac-man" inset figures give 
greately exaggerated impressions of 
the mode of deformation. Grey layers 
in these inset figures represent brittle 
zones deforming by plasticity. Light 
layers are deforming by nonlinear 
ductile creep. The bottom of the inset 
figures reflects the level in the mantle 
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deformation is mantle buckling, i.e. 2.0 

Moho and lower mantle boundary are 
in opposite phase. At p =2. 26 we 
observe an intermediate mode; lower 
crustal buckling. At p =3. 24 the final 
mode of deformation, whole litho
sphere buckling has been established. 
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Boudinage model 

The parameters in the finite element model are selected to enable boudinage "of 
opposite phase", according to Martinod and Davy (1992). Figure 2 shows the finite 
element mesh and initial steady state temperature distribution, which has been cal
culated for a surface heat flow of 50 mW/m2 

• For a weak crust and a geotherm 
consistent with a Moho temperature 439°C Martinod and Davy predict a boudi
nage wavelength of approximately 100 kID. According to Martinod and Davy, ini
tial depth perturbations of the Moho would be amplified by a factor exp(5[p -1]) 
where P is the extension factor in the definition of McKenzie (1978). To facilitate 
initiation of pinch and swell structures we give the Moho an initial harmonic depth 
variation with a 91 kIn wavelength and 5 meter amplitude. A uniform in-plane 

300 
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Fig. 4. Deformed boudinage model, 60 Ma after loading. Note that stretching is close to 
homogeneous; p-factors in light and dart zones differ by 0.03 only. Horizontal grey lines in 
the Figure show the Moho and the upper-lower crust transition. 

force is applied to the right boundary. Initially this boundary is at a distance of 635 
km from the center of the model. This is far enough to ensure that the depth distri
bution of the force has no influence on the results near the center. The in-plane 
force is linearly increased with time between 0 and 1 Ma to 1. 2 . 1013 N/m and 
kept constant onward. This force is equivalent to an in-plane stress of 100 MPa 
which is uniformly distributed over the lithospheric thickness. In Chapter 2 of this 
thesis we show that stresses on the order of hundreds of MPa's are consistent with 
stress magnitudes derived from seismicity data. 

In Figure 3a the Moho topography as a function of the average stretching factor 
is displayed. At t =48 Ma (p = 1. 57), the initial Moho amplitudes have been atten
uated. The style of deformation up to p = 1.82 (at 52 Ma time) is boudinage of the 
mantle, as schematically shown in Figure 3b. After a rapid phase shift of the Moho 
topography, the deformation style at 56 Ma (fJ = 2. 26) has changed to boudinage of 
the viscous lower crust. However, this is only an intermediate stage in the develop
ment of the final style of deformation, which has developed at p =3.24, after 60 
Ma. Buckling of the whole model is a style of deformation which allows the Moho 
topography to grow. The vertical growth rate of this mode is slow; at fJ = 6. 2 (t = 64 
Ma, not shown in the Figure) topography amplibldes are 60 meters only. 

In the initial stage of extension the harmonic Moho depth perturbation generates 
small lateral temperature perturbations, which cause preferential thinning below 
thicker crust The lithosphere/asthenosphere boundary rises slightly more below 
thicker regions, causing the boudin-like mantle structure. Ongoing deformation at
tenuates the Moho depth perturbations and stretches the boudin wavelength with 
time. 

Figure 4 shows the deformed model, 60 Ma after the end force was applied. The 
most important observation is that extension is almost uniform. Deviations from 
the average stretching faeror fJ = 3. 24 are small. The figure shows regularly spaced 
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zones where extension is smaller and larger than average. None of the conclusions 
of Martinod and Davy (1992) are supported by our modeling; we do not observe 
boudinage of "opposite phase" and exponential growth of pinch and swell struc
tures. Preferential amplification of specific wavelengths is not supported by our 
modeling. We find that dominant wavelengths increase with fJ, and are not constant 
even if we correct for the amount of stretching. The late-stage uniform buckling 
mode of extension cannot operate to localize deformation; not only are the ampli
tudes too small, but also the wavelengths are too large to cause strain localization. 
We infer that boudinageing is not an effective mechanism for localizing strain. 

S1RAIN WEAKENING 

Hobbs et al. (1990) note that "it is a prominent theme in both the materials and 
the geological literature that strain softening ... is a necessary and sufficient condi
tion for localization of deformation". This statement is not undisputed since it has 
been noted that strain softening is not a sufficient condition for shear localization 
by others (see discussion and references in Drury et al., 1991). In this section we 
investigate whether strain softening in the mantle portion of stable continental 
lithosphere leads to localized deformation. 

Strain localizatiJJn mechanisms 

Drury et al. (1991) give an overview of mechanisms that could lead to localized 
deformation. In the context of this chapter, we will not consider shear localization 
induced by the imposed physical conditions -Le. boundary conditions or material 
properties- during experimental deformation of rocks. Localization resulting from 
imposed mechanical boundary conditions could potentially be important, but the 
amount of experimental evidence is limited. Non-coaxial deformation experiments 
by Franssen and Spiers (1990) indicate, however, that this effect may be significant. 
We will review only the localization mechanisms known as "intrinsic", Le. mecha
nisms that even lead to localized deformation in rigidly confined, materially and 
thermally homogeneous and isotropic rocks. 

The most well known localization mechanism is brittle failure. The importance 
of brittle failure in the lithosphere as a strength limiting mechanism is generally ac
knowledged. The large number of brittle faults in especially continental lithosphere 
makes that brittle failure can well be approximated by continuum deformation on a 
lithosphere-scale in most cases. 

Deeper in the lithosphere, at elevated temperatures, materials deform by crystal 
plastic or diffusion processes. Here, the strain can become localized as a result of 
decreasing viscosities with increasing strain ("strain softening"). Strain softening 
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mechanisms can be divided into five main classes (i) thermal softening as a result 
of shear heating, (ii) reaction softening, resulting from a (metamorphic) phase 
transformation, (iii) geometric softening due to changes in the crystallographic fab
ric (the average orientation and shape of crystals that constitute a rock), (iv) brittle 
softening, induced by a combination of brittle and ductile processes, (v) structural 
softening, induced by changes in microstructure (see Drury et al., 1991, and refer
ences therein). 

A distinction can be made between mechanisms that lead to localization of de
formation and mechanisms that are required to keep ongoing deformation local
ized. In the absence of phase transfonnations, thennal softening typically is a 
mechanism to keep defonnation localized; in the absence of localized defonnation 
shear heating is negligible in typical tectonic processes. 

Syntectonic reactions, either as pure phase transfonnations or as chemical reac
tions, probably are a very efficient means to localize deformation (e.g. Thllis and 
Yund, 1985; Handy, 1989; Drury et al., 1991). We are not aware of any experi
ments in which quantitative estimates are made of the amount of weakening due to 
syntectonic reactions, so that reaction weakening cannot be modeled. 

Wenk et al. (1991) estimate the effect of geometric softening on viscosities to be 
less than a factor of ten. Geometric softening is therefore considered irrelevant for 
large scale modeling. 

Hobbs et al. (1990) and Thllis et al. (1990) discuss localization due to brittle 
processes in rocks in which the bulk deformation occurs by ductile mechanisms. It 
is conceivable that brittle softening does occur in the brittle-ductile transition zone, 
but again, quantitative estimates are not available. 

D;n'usion creep 

Various papers (e.g. Rutter and Brodie, 1988; Handy, 1989) address the issue of 
strain localization due to a change of defonnation mechanism. It is especially the 
experimental work of Karato et al. (1986), Brodie and Rutter (1987) and Rutter and 
Brodie (1988) which is important, in that some quantitative relations are estab
lished for the weakening behavior of olivine with a controlled grain size. In Figure 
5 the effects of grain size, strain (or time), and temperature on the steady state flow 
stress are shown. If it is assumed that the starting material initially has a grain size 
of 1 cm and a temperature of 600 DC, it is clear from Figure 5a that recovery
controlled dislocation creep is the controlling mode of defonnation at geologically 
significant strain rates (10-12_10-16 S-I). The flow stress does not depend on the 
grain size in this field, but creep polygonization, rotation recrystallization and pos
sibly migration recrystallization (Drury et al., 1991) lead to a reduction of grain 
size with increasing strain. After "some strain" the grain size has been reduced suf
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Fig. 5. Strain weakening upon a 0.10 
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ficiently, and the deformation mechanism changes to diffusion creep, i.e. diffusion 
of vacancies controls the rate of deformation. 

The grey line in Figure 5 is the recrystallized grain size as a function of stress. 
This empirical relationship between grain size and stress is fairly well calibrated, 
because it is considered as one of the basic tools for measuring the flow stress mag
nitude from deformed rock. Dynamic recrystallization is driven by the elastic 
strain energy stored in dislocations and is therefore confined to the dislocation 
creep field. The average grain size is generally reduced by dynamic recrystalliza
tion. In the diffusion creep field, however, the surface energy provides a driving 
mechanism for grain growth. Although his model is definitively not undisputed 
(see, for instance Poirier, 1985), Twiss (1977) argues that the piezometric grain size 
relation represents a dynamic balance between stress-driven dislocation processes 
and surface energy driven grain growth processes. Based upon these arguments, it 
is therefore to be expected that the recrystallized grain size line coincides with the 
transition between dislocation creep and diffusion creep fields. The fact that this is 
not the case may reflect uncertainties in the underlying flow laws and piezometric 
relations (C.l. Spiers, personal communication, 1992). Also, monomineralic rocks 
with a uniform grain size are hardly ever observed outside the laboratory. The tran
sition between the dislocation and diffusion creep fields in natural rocks is there
fore not a sharp line, but a gradual transition in which both mechanisms are opera
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tive. According to l\viss' argument the empirical recrystallized grain size line falls 
within this range. Other models (e.g. Derby and Ashby, 1987), however, do pre
dict piezometric and mechanism regime boundaries which are distinct. 

Within the grain size sensitive field the stress drop can be estimated if we consid
er the following rheological path (Rutter and Brodie, 1988), in which the relation 
between strain and the volume fraction of recrystallized material is based upon the 
experiments of White et al. (1985) (A-A' -A" in Figure 5). Recrystallization contin
ues at elevated strain rates within the diffusion creep field until the flow stress is in 
equilibrium with the grain size. Then, diffusion creep involves a stress drop until 
the original steady state strain rate has been re-established. Handy (1989) discuss
es alternative rheological paths, but no quantitative estimates for the stress drop can 
be made from these. 

It is clear from Figure 5b that the stress drop is considerably less at 800 °C; rates 
of dislocation climb and grain growth increase rapidly with temperature, shifting 
the paleopiezometric grain size line towards the dislocation creep field. At low 
strain rates « 10-12 

S-1) a change of dislocation creep to diffusion creep will never 
occur since the equilibrium grain size lies well in the dislocation creep field. 

In their experiments on fabric softening, White et al. (1985) observed that the 
weakening was complete at 40% natural strain. Rutter and Brodie (1988) therefore 
assume that strain weakening resulting from a mechanism transition to diffusion 
creep is complete at 40% too. It is clear that this observation depends on the initial 
grain size distribution within the aggregate. We introduce two parameters, Eo and 
E 1, that describe the uncertainties in the initial grain size and in the "hardness" of 
the transition. Eo is the natural strain at which weakening starts (point A' in Figure 
5) and E 1 is the natural strain at which the stress drop is completed (point N' in 
Figure 5). If Eo is small, the initial grain size was small and weakening commences 
soon after deformation starts. The hardness of the transition is defined by 
(E 1 - Eo); a decrease in the transition hardness increases the rapidness of the weak
ening. 

Strain weakening model 

To investigate the effect of strain weakening in mantle lithosphere we designed a 
finite element model at conditions that enable a dramatic and rapid decrease in vis
cosity due to straining. Initially the model is close to mechanical equilibrium, i.e. 
stresses are so close to hydrostatic that strain rates are very low (of the order of 
10-20 

S-1 or less). A slight deviation from mechanical equilibrium occurs in the 
transition zone between 50 and 75 km from the vertical symmetry center (Figure 
6). The Moho thickness varies from 40 kID, left from the transition zone, to 35 kID, 
right from the transition zone. Recent papers (Kruse et al., 1991; Bird, 1991) em



102	 Chapter 4 

o	 200 400 600
 
distance from symmetry center (km)
 

Fig. 6. Initialfinite element mesh and geotherms in model with thickenned crust. 

Fig. 7. Deformed mesh and contours 
ofnatural effective strain in the strain 
weakening model with a thickened 
crust. The limit at which weakening 
starts, Eo =10%, and the natural 
strain at which weakening is com
plete, E 1 =15%, are indicated in the 
figure. Arrows below the lower model 
boundary indicate the position of the 
transition zone. (a) t=0.38 Ma. (b) 
t =0.63 Ma. (c) t =O. 88 Ma. 

!-40 
j 
:l! 

-80 7c 
f!"-"'''----r--,----~--,-~-____,_-~-

0 Distan:'from sy~ center (km\50 



103 Initiation oflithosphere scale faults in stable lithosphere 

phasize that the lower crust, because of its low viscosities, is very efficient in atten
uating strong lateral density gradients. Relatively mild Moho depth gradients, like 
in our model, can be expected in continental lithosphere that mechanically is close 
to equilibrium. 

Initially the model is in thermal equilibrium. The surface heat flow varies from 
63 mW/m2 near the symmetry center to 58 mW/m2 at the right. The Moho temper
ature ranges from 626°C at the base of the thicker crust to 529.3 DC at the base of 
the thinner crust. The stress drop due to a change in deformation mechanism to 
diffusion creep is at least three orders of magnitude at these temperatures. In the 
current model we set the lower limit for strain weakening in the mantle to 
Eo =10%. At E 1 =15% weakening is completed and all deformation occurs by dif
fusion creep. This transition is much more rapid than was found by White et al. 
(1985). We take a high value for the transition hardness to obtain an upper limit to 
the localization potential due to strain weakening. We assume a grain size distribu
tion that initially is uniform in the mantle. 

A uniform force of 8'1012 N/m is linearly added between 0 and 0.1 Ma to the 
right hand boundary of the model and kept constant onward. 

Strain weakening in the upper mantle starts at ~ 0.2 Ma. Figure 7a displays the 
finite element grid and contours of the effective natural strain at 0.38 Ma. Weaken
ing front and weakening end contours are labeled 10% and 15% respectively. Low 
viscosity regions in the upper and lower crust are more strained in the transition 
zone. With time, (0.63 Ma in Figure 7b and 0.88 Ma in Figure 7c), the lower crust 
acts as a low viscosity channel that accommodates most of the thinning. After 0.63 
Ma. the deformation mechanism change, to diffusion creep in the mantle, has been 
completed below the thickened crust. Migration of the softening front into the 
transition zone and reference lithosphere proceeds much more slowly, at a velocity 
that is mainly controlled by slow deformation in the strong sub-Moho region. 

The total effective strain rate (E.e =1f2Ei/Eij') at 0.38 Ma, 0.63 Ma and 0.88 Ma is 
shown in Figures 8a. 8b and 8c respectively. Maximum strain rates are attained in 
the most fluid parts of the lower and upper crust and strain rates are more than two 
orders of magnitude lower in reference lithosphere. The total extension rate in
creases upon weakening, but the strain rate distribution in the mantle is rather in
sensitive to the passing weakening front. The main effect of strain weakening is a 
drop of flow stresses, which is most dramatic in the strong region directly beneath 
the Moho. 

The total strain rate gradient is an indicator for strain localization. In Figure 9 we 
show the horizontal strain rate gradient, defined by 
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Lx is what a geologist would refer to as "the scale of observation"; strain can be ho
mogeneous on a large scale, but strongly heterogeneous on a smaller scale. The 
(minimum) scale of obselVation in our models is a single element. The proposed 
measure for strain localization has the property of giving order of magnitude strain 
rate gradients; a two orders of magnitude change in strain rate on the scale of ob
servation yields axEE; =2. The conspicuous dipping zone in the upper mantle indi
cates that there is some tendency for strain localization below the transition zone at 
all time steps. The maximum strain rate gradient however is less than half an order 
of magnitude, so that the localization is only minor. 

As the local element size enters the analysis via the "scale of obselVation" pa
rameter. we ran the model at twice the mesh density to find that our conclusions are 
not affected by the spatial discretization. Another model calculation for an initial 
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thermal gradient corresponding to a swface heat flow of 40 mW/m2 did give differ
ent time scales, but our basic conclusion that no strain localization occurs is sup
ported. Calculations at higher geothermal gradients than the one considered here 
are unnecessary, because increased Moho temperanrres decrease the effect of soft
ening (Figure 5). We selected parameters in our modeling to promote softening 
and strain localization. Thus, although we did not conduct a full investigation of 
the parameter space, we are confident that strain localization due to a deformation 
mechanism switch to diffusion creep is unlikely in stable continental lithosphere 
that is subject to in-plane forces. 

Figure 10 displays the swface topography and upper and lower crustal stretching 
factors as a function of time. The topographic bulge developing above the reference 
lithosphere results from isostatic rebound forces in the thickened lithosphere that 
are flexurally supported (Velling Meinesz, 1950; Beaumont et al., 1982; Braun and 
Beaumont, 1989c). This result is consistent with the mechanism for flexural uplift 
of rift shoulders that was proposed by Braun and Beaumont (1989c). They recog
nized that if the lithosphere retains a finite strength during extension, vertical up
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lifts of the surface are flexurally supported. Consequently, Weissel and Karner 
(1989) introduced a new parameter in their kinematic stretching model, the necking 
depth, which is a measure of the deviation of the thinned lithospheric column from 
local isostasy. By visual inspection of Figure 10 it is clear that the long wavelength 
component of the actual uplift differs very little from the isostatic long wavelength 
uplift. The flexural outer bulge of approximately 200 km wavelength is necessarily 
supported by strong levels in the crust only after onset of mantle weakening at 0.20 
Ma. No surface uplift signal, clearly distinct from the surface signal due to thin
ning, is generated by the dramatic weakening of the sub-Moho mantle. 

DISCUSSION AND CONQ.USIONS 

Based upon empirical ductile flow laws and realistic geotherms, a strength maxi
mum can be expected in the sub-Moho mantle. Strain localization in this region 
would undoubtedly have prominent effects on the evolution of extending litho
sphere as a whole. Low viscosities in the lower crust decouple the mantle and crust 
mechanically so that causes for strain localization must be found in the mantle it
self. In this chapter we, therefore, focused on mechanisms that may lead to strain 
localization in the upper mantle. We consider two potential causes for localization; 



107 Initiation of lithosphere scale faults in stable lithosphere 

inhomogeneous deformation as a result of a) boudinageing and b) strain localiza
tion due to a deformation mechanism change from dislocation creep to diffusion 
creep. 

Our modeling of extensional boudinage has mainly been motivated by the results 
ofMartinod and Davy (1992). Their model is based upon a linear stability analysis 
at small strains and they employ a plastic/viscous rheology. Our model is more 
general in that it can accommodate larger strains and more realistic rheologies: 
elastic, plastic or viscous, depending on temperature, stress and pressure. Parame
ters in our finite element model are selected to promote development of "boudinage 
of opposite phase". None of the findings ofMartinod and Davy (1992) are support
ed by our results. Instead, we find that deformation is homogeneous up to moder
ate strains. We therefore conclude that geometric instabilities are not effective in 
localizing deformation. This finding is in accordance with the results of Bassi and 
Bonnin (1988a; 1988b) and Bassi (1991), who find that no preferred boudinage 
wavelength emerges during continental extension. In our opinion, the discrepancy 
between our results and the conclusions from theoretical studies is caused by a dif
ference in employed rheologies. All theoretical studies (Fletcher and Hallet, 1983; 
Zuber et al., 1986; Ricard and Froidevaux, 1986; Martinod and Davy, 1992) ne
glect the flexural (elastic) strength of the lithosphere. Physically, boudinageing is 
caused by the destabilizing effect of large strength contrasts. In the absence of den
sity inversions, buoyancy forces have a stabilizing effect on lithospheric deforma
tion. Elasticity also has a stabilizing effect, especially in lithosphere in tension, in 
that it opposes (local) vertical motions. Further theoretical work is required on 
boudinageing in lithosphere that does have have a flexural strength. Pinch and 
swell structures might well develop at wavelengths close to or greater than the flex
ural wavelength of lithospheric layers. In the context of initiating lithosphere-scale 
faults these wavelengths are probably to large to be relevant. 

Rheological instabilities resulting from strain localization can be triggered by 
strain softening processes. Quantitative estimates of strain weakening are available 
for few of the dozen weakening processes. From recent experiments (Karato et al., 
1986; Brodie and Rutter, 1987), the weakening effect resulting from a transition of 
deformation mechanism from dislocation creep to diffusion creep can be estimated. 
In our modeling we have incorporated this specific strain weakening law. The re
sults show that, although weakening is dramatic, no strain localization occurs in 
stable continental lithosphere that is subject to in-plane forces. We consider the use 
as synonyms of "weakening" and "localization" in geological literature therefore 
unwarranted. The mechanical and thermal boundary conditions play an equally 
important role in determining whether localization occurs as do the rheological 
properties. 
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A conclusion we draw from our work is that, for the strain softening mechanism 
we studied, lithosphere scale localization is difficult to establish in the strong sub
Moho region of stable continental lithosphere. Initiation of whole lithosphere cut
ting faults/shear zones is therefore not very likely in this setting, unless it occurs 
due to causes not incorporated in the present approach. Reaction softening and 
brittle softening are potentially relevant causes for shear localization which have 
not been incorporated in the present analysis since quantitative laws are not avail
able. In Chapter 5 of this thesis we will focus on initiation of lithosphere-scale 
faults in continental lithosphere that is, or has been, subject to recent orogeny. In 
this case, the lithosphere is no longer in mechanical and/or thermal equilibrium and 
is subject to different kind of boundary conditions. 
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Chapter 5 

Initiation of Asymmetric Extension ill Continental Litho
sphere t 

R. Govers and MJ.R. Wortel 

ABSTRACf 

The physical conditions are investigated under which the lithospheric scale style 
of extension is pure shear or simple shear. We focus on the initial stages of conti
nental extension to monitor how symmetric or asymmetric modes of extension 
evolve from specific tectonic conditions. Continental collision, magma intrusions 
and interaction between the lithosphere and the underlying mantle are investigated 
as sources for extension. We use a finite element method to model the thermo
mechanical evolution of continental lithosphere. Experimental flow laws are used 
to model the elastic, brittle, power law creep or diffusion creep rheology of litho
spheric rocks. Our results indicate that if in-plane forces change from compressive 
to tensile immediately after a rapid mountain building phase, initiation of a litho
sphere scale detachment fault is possible. We find a strong dependence of the ex
tensional style on the distribution with depth of residual stresses from the collision 
phase. This result is consistent with observations of gravitational collapse in re
gions, like the Aegean and the Basin and Range Province, where detachment faults 
have exhumed lower crustal rocks. The predicted dip direction of the fault also 
agrees with observations in these areas. Intrusion of magma into continental litho
sphere, which is subject to in-plane tensile forces, will cause localization of pure 
shear deformation. The style of deformation resulting from mantle plumes imping
ing to the base of the lithosphere is symmetric. Delamination of lithospheric mantle 
may initiate detachment faults if delamination occurs at the end of a collision 

t	 This chapter has been submitted for publication as: R. Govers and MJ.R. Wortel, Initiation of 
Asymmetric Extension in Continental Lithosphere, Tectorwphysics, 1993. 
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phase, when in-plane forces change sign from compressive to tensile. This result 
also strongly depends on the assumed residual stress distribution. If delamination 
occurs during the mountain building phase, the style of deformation will be pure 
shear. Another interesting outcome from our modeling is that dramatic strain 
weakening as a result of a deformation mechanism change from dislocation creep 
to diffusion creep, reduces the tendency to strain localization. 

INTRODUCTION 

A large volume of the published work on continental extension has been concen
trated on quantifying the stretching factor fJ of the pure shear model of McKenzie 
(1978a). In some basins it was found that the kinematics of deformation could be 
more accurately described by depth-dependent stretching factors (Royden and 
Keen, 1980), which introduced asymmetry near basin edges. In the simple shear 
model of Wernicke (1981; 1985), the asymmetry is complete as continental exten
sion occurs along a lithosphere cutting detachment fault ("fault" is used here in a 
loose way to describe a high degree of localized deformation accommodated by an 
unspecified deformation mechanism). In terms of asymmetry, the pure shear and 
simple shear models represent end-members of a spectrum of models for continen
tal extension that allow non-homogeneous deformation in some depth range (Roy
den and Keen, 1980; Hellinger and Sc1ater, 1983; Rowley and Sahagian, 1986; 
Gans, 1987; Kusznir and Egan, 1989; Lister and Davis, 1989). These papers moti
vated work to investigate what geological or geophysical data allow the models to 
be discriminated (e.g. Furlong and Londe, 1986; Ruppel et ai., 1988; Buck et ai., 
1988; Latin and White, 1990). Additionally work has been done to determine the 
overall style of extension in sedimentary basins and passive margins (e.g. Sc1ater 
and Christie, 1980; Le Pichon and Sibuet, 1981; Barton and Wood, 1984; Beach, 
1986; Lister et ai., 1986; White, 1989; Latin and Waters, 1991). 

Surprisingly, a realistic assessment of the physical conditions which determine 
the style of continental extension is made in a few papers only. In interior parts of 
the continental lithosphere total strain rates tend to be uniform with depth, indepen
dent of the exact nature of the plate boundary forces (e.g. slab pull) that drive ex
tension (Kusznir and Bott, 1977; chapter 3 of this thesis). Equivalently, the normal 
mode of intraplate deformation as a result of in-plane forces alone is pure shear. In 
chapter 4 of this thesis we show that initiation of lithosphere scale detachment 
faults is unlikely in continental lithosphere which, mechanically and thermally, is in 
equilibrium. It is concluded that in-plane forces alone do not suffice to generate 
asymmetric deformation in lithosphere not containing pre-existing weak zones. 
Initiation of shallow dipping lithosphere-scale faults therefore has to occur under 
different circumstances. Braun and Beaumont (l989a) and Dunbar and Sawyer 
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(1989) investigate the style of extension in continental lithosphere containing offset 
pre-existing weaknesses in the crust and mantle. They conclude that the weak low
er crust can act as a level of decollement between crust and mantle, along which 
the horizontally offset mantle and crustal weaknesses may link up. 

Pre-existing weaknesses might control the initiation of detachment faults, but 
there is no evidence that this is always so. Also, an explanation of detachment 
faults in terms of pre-existing weaknesses disregards the possible relation between 
a pre-extension thickening period and subsequent asymmetric extension, as was 
suggested by Coney (1987) for the Basin and Range Province. Yin (1987; 1989) 
and Spencer and Chase (1989) show that stress trajectories in elastic plate-like con
tinua which are subject to combinations of boundary conditions, agree with the 
low-angle nature of detachment faults. Their choice for an elastic rheology is moti
vated by the large deviatoric stresses which can be supported near the upper crustal 
brittle-ductile transition. For a more realistic rheology it can be expected that, at 
specific geothermal gradients, the upper crust, lower crust and mantle are decou
pled to some degree by weak zones. In these cases, the results of Yin (1987; 1989) 
and Spencer and Chase (1989) can be interpreted to apply to these layers individu
ally. The relevance of their models in the context of whole lithosphere defonnation 
is, however, more difficult to determine. 

In a model with a simplified rheology, Melosh (1990) shows that principal stress 
trajectories flatten out in a low-viscosity layer beneath a strong layer containing a 
(steeply dipping) normal fault. It is argued that Ym (1989) and Spencer and Chase 
(1989) need to invoke boundary conditions which derive from hidden sources, but 
in his model, Melosh (1990) invokes an ad hoc end load; basically, he assumes that 
the upper and lower crust ride along on an extending upper mantle. It is therefore 
clear from the onset that shear between crust and mantle is required. For intraplate 
regions, the results of Kusznir and Bott (1977) and chapter 3 of this thesis show 
that a uniform in-plane force boundary condition is a more realistic approximation 
of the end load resulting from plate boundary processes. In Melosh's (1990) model 
it is assumed that the dip of the fault plane in strong layers is rather steep. It has 
been proposed (Jackson, 1987; Wernicke and Axen, 1988) that fault planes form in 
steep orientations, and rotate to shallow dips during extension. However, the large 
areal extent of denuded footwalls and relatively constant metamorphic grade of ex
posed footwall rocks in the Basin and Range Province of western North America 
(Lister and Davis, 1989), is an argument against the theory that low-angle normal 
faults originally formed in steeper orientations. Melosh's model is therefore consid
ered not relevant in the context of initiation of an asymmetric mode of extension. 

'JYpically. the overall style of defonnation is symmetric, except when specific 
causes for asymmetric deformation exist. Our approach is to identify the physical 
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conditions which lead to asymmetric deformation and to focus on the whole
lithosphere simple shear end-member. Requirements for initiation of detachment 
faults can be formulated as that the overall style of deformation is asymmetric and 
that strain is localized in a zone of finite width. It is important to realize that local
ization of strain is not a sufficient requirement for asymmetric extension since, in 
most cases, strain will localize along conjugate fault systems and induce an overall 
symmetric style of extension. We, therefore, consider the boundary conditions 
which induce asymmetric extension as primary causes for localization. In the pre
sent chapter we investigate processes which lead to conditions which are favorable 
for initiation of asymmetrical extension other than pre-existing weaknesses (in the 
following, processes which lead to conditions which are favorable for initiation of 
asymmetrical extension will be loosely referred to as "causes for initiation of asym
metrical extension"). We consider continental lithosphere which is not in mechani
cal and/or thermal equilibrium, Le. the lithosphere recently has been subject to a 
tectonic and/or thermal event Three causes for mechanical and thermal instability 
of continental lithosphere will be examined. The first two causes result in mechani
cal and thermal initial and boundary conditions within the lithosphere itself: litho
spheric thickening and intrusions. The third cause results from mechanical and/or 
thermal interaction between the lithosphere and the underlying mantle. 

ASYMMETRIC ExTENSION: POSSIBLE CAUSES 

~eng()r and Burke (1978) recognize two end-members of rifting: "active" rifting, 
in which rifting is a result of mantle convectioD/lithosphere interaction, and "pas
sive" rifting, in which rifting is a response to processes occurring in the lithosphere 
itself. A feature common to most rifts is volcanism, and ~eng()r and Burke (1978) 
identify the expected sequence of events for active rifting as doming-volcanism
extension, and as rifting-volcanism for passive rifting. They conclude that, at pre
sent, passive rifting is "by far more widespread" than active rifting. Continental 
thickening as a cause for subsequent extension is a purely passive mechanism. 
Thermo-mechanical interaction between mantle plumes and the overlying litho
sphere is a purely active mechanism. All other causes of continental extension we 
consider are intermediate between passive and active mechanisms. 

The potential energy contrast of regions of isostatically compensated thickened 
crust relative to normal continental lithosphere may generate tensile stresses (Love, 
1911; Artyushkov, 1973). Continental thickening as a cause for subsequent exten
sion has been proposed for the Altiplano in the Andes (Dewey, 1988), for the TI
betian Plateau in the Himalayas (England and McKenzie, 1982; Mercier et at., 
1987), the Aegean Sea in the Mediterranean (McKenzie, 1972; Berckhemer, 1977; 
Le Pichon, 1983) and for the Basin and Range Province (Coney, 1987; Wernicke et 
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al., 1987; Sonder et al., 1987). Given the evidence for major low angle normal 
faults in the Aegean Sea (e.g., Lister et al., 1984; Lee and Lister, 1992) and in the 
Basin and Range Province (e.g., Wernicke, 1981; Davis, 1983; Wernicke, 1985) 
this mechanism must be considered a serious candidate for initiating lithosphere 
scale faults. 

Continental extension is commonly associated with intrusions and sometimes 
with volcanism. It is mostly unclear whether magmatism is caused by passive up
welling of thinning lithosphere or whether magma intrusions play an initiating role 
in continental extension. Active magmatism and intrusions may play an important 
role in localizing extensional deformation in pre-stressed lithosphere. We will in
vestigate:( to what extent intrusions may lead to asymmetrical deformation. 

The category of sub-lithospheric causes for detachment faults generates mechan
ical and/or thermal boundary conditions on the lower lithosphere boundary. Exam
ples are lithospheric mantle delamination (detachment), rising or sinking plumes 
and buoyant subdueted slabs. McKenzie (1978b) proposed that (parts 00 litho
spheric mantle may delaminate during thickening and sink into the mantle. Sup
portive evidence for this mechanism was found from numerical experiments by 
Houseman et al. (1981). Relative to the continental mantle, the asthenosphere is 
buoyant as a consequence of higher asthenospheric temperatures. In the delamina
tion model, this density inversion causes (parts 00 the mantle to detach from the 
overlying lithosphere during or after thickening. The delaminated mantle sinks in
to the asthenosphere and is replaced by material of asthenospheric temperatures, 
consequently generating isostatic uplift pressures and a drastic change in the lower 
thermal boundary condition. 

Quantitative estimates of the effects of mantle convection on the overlying plates 
necessarily derive from indirect observations. Topographic swells in oceanic basins 
with up to 1000 meter amplitude are commonly attributed to mantle-lithosphere in
teraction. Crough (1978) found that the surface heat flow over these swells is 
20-25% higher than in "normal" oceanic lithosphere and subsidence after the plate 
passed over the "hot spot", and can be well explained by conductive cooling of a 
rejuvenated lithosphere. These observations strongly indicate that oceanic topo
graphic swells are at least in part thermally supported. More recent studies do, 
however, not support these findings. Another effect of rising mantle plumes could 
be that a normal stress is applied to the base of the lithosphere (McKenzie, 1977). 
Dynamical pressures have an immediate effect on the surface uplift from the time a 
plume starts to impinge onto the base of the lithosphere, whereas a time compara
ble to the thermal time constant of the lithosphere is required for the thermal mech
anism to generate substantial uplifts. It is difficult to separate thermal and dynami
cal contributions to topographic swells in oceanic plate interiors (Nakiboglu and 
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Fig. 1. Spectrum of upper crustaL, Lower crustaL and mantle rock rheoLogies and the 
seLectedflow Laws. 

Lambeck,1985). 
It is as yet not clear whether, mechanically, sub-continental mantle resembles 

sub-oceanic mantle (see, for instance, Anderson (1989» and whether inferences on 
mantle plumes, made from observations in oceanic plate interiors, can be translated 
to continental lithosphere (e.g. Houseman and England, 1986). Amplitudes of 
oceanic swells give the only observational constraints on mantle-lithosphere inter
action, however. In the context of continental extension resulting from mantle 
plumes, the models of Sleep (1971) and Houseman and England (1986) can be re
garded as end-member models, as the former assumes a completly thermal origin 
and the latter a completly dynamic origin for basin formation. We consider the 
thermal effects of mantle plumes less relevant for the initiation of asymmetric ex
tension; even if a mantle plume could have sharp vertical boundaries creating a step 
change in boundary conditions along the base of the lithosphere, thermal diffusion 
would smear out buoyancy forces over a broader zone, making asymmetric defor
mation less probable. Our model therefore resembles the model of Houseman and 
England (1986) in that the boundary condition reflecting the plume-lithosphere in
teraction is completely dynamic. 

It is not our purpose to present a full study of the model parameter space. In
stead, we select a few models which could lead to asymmetrical extension for each 
of the mechanical or thermal instability causes discussed above. Our aim is to in
vestigate whether fairly common tectonic processes may lead to lithosphere detach
ment faults and asymmetric deformation. In chapters 6 and 7 of this thesis, mecha
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Table la. Powerlaw creep parameters adopted for the lithosphere and diffusion 
creep parameters for the lithospheric mantle. 

I 

I 

npi Qpi 

kJ/mole 
Api 

Pa-ns-1 

Upper crust 
Lower crust 
Mantle 

Wet quartzitel) 
Granulite2) 

Wet olivine3) 

3.1 
3.1 
3 

ndc 

135 
243 
420 

Qdc 

kJ/mole 

7.7621 . 10-26 

9.5534. 10-21 

8.5746 . 10-15 

A dc 
Pa-ns-1 

Mantle Wet olivine3) 1 240 0.6253 

1) Paterson and Luan (1990), 2) Wilks and Carter (1990), 
3) Rutter and Brodie (1988) 

Table 1b. Thermal data. H 60 and k60 are heat production and conductivity at a 
steady state geotherm with a surface heat flow of 60 mW/m2

• Cp and a are the 
specific heat and volumetric expansion coefficient respectively. 

H 60 

pW/m3 
koo 

Wm-1K-1 
C 

Jkg-{K-1 
a 

K-1 

Upper crust 
Lower crust 
Mantle 

1.37 
0.45 
0.02 

2.56 
2.60 
3.20 

1300 
1300 
1300 

3.2.10-5 

3.2.10-5 

3.2.10-5 

nisms which look promising for initiating lithosphere scale faults will be consid
ered in more detail. 

MODEl1NG APPROACH 

Continental rock rheology 

Various deformation mechanisms contribute to the strain of continental rocks 
which are subject to stresses. The rate and relative importance of these deforma
tion mechanisms depends mainly on temperature, pressure and composition. The 
rheologies which are usually considered most important in the context of whole 
lithosphere deformation are elasticity, brittle failure and steady-state ductile flow. 
Isotropic linear elastic behavior is a good approximation of recoverable strains at 
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low stresses (usually below one third of the uniaxial yield stress). Permanent strain 
at low temperatures is mainly achieved by brittle deformation. From laboratory ex
periments, the differential stress magnitude which is required to overcome the fric
tional resistance along fault planes, was found by Byedee (1978) to be rather insen
sitive to rock type. This relation is not undisputed and geological and geophysical 
observations indicate that Byedee's law provides an upper limit -perhaps signifi
cantly overestimated- to differential stresses at depths greater than 5 km. It is, 
however, one of the few quantitative relations available and we adopt Byedee's law 
to determine the yield strength in brittle rocks, which is modeled using a visco
plastic rheology. 

At higher temperatures, rocks respond by creep to applied differential stresses. In 
our rheological model we neglect transient creep and, based upon laboratory exper
iments, assume that power law dislocation creep laws provide a first order descrip
tion of the strain rate at a given temperature, stress and composition. These empiri
cal flow laws are the result of extrapolation of strain rates over many orders of 
magnitude and should therefore be considered as first order estimates at best. A 
second deformation mechanism which may be important at high temperatures is 
diffusion creep. Rutter and Brodie (1988) propose a quantitative deformation path 
along which a material that initially deforms by power law creep moves towards 
the diffusion creep field with progressive strain and becomes weaker. Chapter 4 of 
this thesis gives a more elaborate discussion on strain weakening mechanisms. 

We assume that the development of specific types of continental. extension can 
be studied in structures which are essentially two dimensional, in the sense that the 
geometry and boundary conditions hardly vary in the third out-of-plane horizontal 
dimension ("plane strain" assumption). In this case the constitutive equations can 
be summarized as 

(1 + v) . . . (aEITJeff )n-l
ix;x = [(1 - v)ax;x - vayy ] + 4 [ax;x - a yy ]

E TJ~ 

. (1 + v) . . (aEITJeff)n-l 
Eyy = E [(1- v)ayy - vaxx] - 4TJ [axx - a yy ] 

eff 
(l + v) . (aEITJeff )n-l 

Exy = E axy + axy
2TJeff 

(c,f. Melosh and Raefsky, 1980) where iij denote deviatoric strain rate compo
nents, v and E are the elastic Poisson ratio and Young's modulus, and aij are stress 
tensor components. A dot indicates differentiation with respect to time. TJeff is the 
effective viscosity selected to approximate the relation between effective strain rate 
and stress for a specific deformation mechanism, material, temperature and pres
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sure. UE. the effective stress. is the second invariant of the stress tensor for plane 
strain: 

UE = ( 
[

u .xx; U YY)2 + U~ J-2 

1 

In this formulation incompressibility is automatically maintained during viscous 
flow; isotropic stresses only affect the elastic volumetric strain. viscous volumetric 
strains are always zero. Other useful parameters are the effective strain and effec
tive total deviatoric strain rate. The definitions for effective strain and strain rate are 
similar to the definition of the effective stress. The second invariants of the stress 
tensor. strain tensor and strain rate tensor are useful measures of the magnitude of 
the deviatoric tensor. In what follows. total strain rate is referred to as "strain rate". 

We model the continental lithosphere as a three layer system; upper crust. lower 
crust and lithospheric mantle. In the upper crust we assume a wet quartzite power 
law rheology (Patterson and Luan. 1990). the lower crust is modeled using the 
Adirondack granulite rheology of WIlks and Carter (1990) and in the mantle we 
employ the wet olivine power law and diffusion creep rheologies from Rutter and 
Brodie (1988). From Figure 1 it is clear that the selected rheologies are at the low
viscosity end of the spectrum of upper crustal. lower crustal and mantle rheologies. 

Numerical model 

The above constitutive equations are incorporated in a finite element code, TEC
TON, developed by Melosh and Raefsky (1980; 1981; 1983) and Melosh and 
Williams (1989). A displacements based finite element method is used to solve the 
mechanical equilibrium equation 

V'U+X=o 

for body force X. We have adapted TECTON to solve the transient heat conduc
tion equation as a function of time t 

aT 
pCp at =v .(kVT) + H 

by a finite element method for temperatures T, density p, specific heat Cp' thermal 
conductivity k and heat production H. Overlapping thermal and mechanical finite 
element grids are used to solve the heat and mechanical equilibrium equations se
quentially. The differential equations are coupled via the effective viscosity and via 
thermal stresses and buoyancy forces. Table 1 gives parameter values which are 
adopted in this chapter. 
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Symmetry cent..: no-tiltboundary 

u.=O.<l.T=O <l.T=O 

UnifulDl 
end load 

Fig. 2. Generalized model of continental lithosphere. For economy reasons only the right 
half is modeled. Mechanical and thermal boundary conditions on the left side reflect sym
metry. The model is assumed to continue to the right infinitely. This is reflected in the 
mechanical and thermal boundary conditions ofno-tilt and no horizontal heat flow. The top 
of the lithosphere is at OOC, and a constant basal heat flow qb is applied to the lower 
boundary. Isostatic rebound forces act on density interfaces and a uniformforce is applied 
to the right boundary. See text for explanation. 

Boundary conditions 

To calculate vertical surface uplifts we employ the "density stripping method" 
(Braun, 1988; Wtlliams and Richardson, 1991). In this method it is assumed that 
gravity pre-stresses are hydrostatic and that the slope of density interfaces is small. 
Initial gravity body forces do not enter the system of partial equations and buoyan
cy forces are replaced by restoring pressures on density interfaces. Changes in 
density resulting from thermal expansion are included as body forces. We assume 
that the asthenosphere has a slightly (50 kg/m3

) lower density than the overlying 
lithospheric mantle, as a result of higher asthenospheric temperatures. 

Relative to normal continental lithosphere, continental lithosphere that has been 
thickened under isostatic conditions is very often in an average state of tension. 
The magnitude of the average differential stress can be calculated by comparing the 
density moment of two lithospheric columns (Artyushkov, 1973). In these calcula
tions, it is implicitly assumed that force contributions from sub-lithospheric mantle 
processes to stresses in thickened and normal lithospheric columns have equal 
magnitudes. This assumption is justified if the normal and thickened columns are 
proximate, since most mantle processes occur on large length scales and horizontal 
gradients of sub-lithospheric forces are, therefore, small. We calculate the average 
differential stress of thickened continental lithosphere relative to normal continen
tallithosphere. The resulting average differential stresses are included as uniform
ly distributed pre-stresses in thickened lithosphere. Smaller wavelength buoyancy 
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contributions, for instance resulting from delamination or secondary convection, 
can be included by separate basal pressures. 

The finite element models are symmetric about a vertical axis (Figure 2), and 
thus the calculations are performed only in the right hand side of the model. 
Boundary conditions at the left side of the actual model are formulated to reflect 
this symmetry; horizontal displacements and heat flux are zero on this side. We will 
display the results in the right half of the model only. In the following, we will dis
cuss the style of extension of the finite element models in terms of "symmetric" and 
"asymmetric". We recognize that this classification might be misleading, since the 
models are completely symmetric around x=O, as just explained. With "asymmet
ric extension" we intend to describe deformation on one symmetry side of the mod
el, which is predominantly localized along a fault or shear zone with a uniform 
sense of shear. 

Boundary conditions on the right hand side of the models reflect the assumption 
that the model continues to the right; the horizontal heat flow is zero and mechani
cally this is a no-tilt boundary. In some of the models a uniform in-plane force is 
applied on the right hand side. These forces are assumed to derive from plate 
boundary forces (ridge push, slab pull, etc.) which are transmitted as stresses to 
plate interiors. Based upon observations of depths of oceanic intraplate earth
quakes, Govers et al., (1992) show that in-plane stress magnitudes of the order of 
hundreds of MPa's are possible. Their study confirms model calculation results of 
the intraplate stress field in the Indo-Australian plate (Cloetingh and Wortel, 1985). 
In-plane stress magnitudes in our models are less than or equal to 1· 1013 N/m, 
which is equivalent to 100 MPa averaged over a 100 km thick lithosphere. The up
per surface is held at 0 0c. We assume that a continental keel continues below the 
lithosphere (Anderson, 1989) in most models. The sub-lithospheric mantle is there
fore part of the thermal boundary layer and a heat flux lower boundary condition is 
considered more appropriate than a constant temperature lower boundary condi
tion. 

ExTENSION OF 1HICKENED LrrnOSPHERE 

As it is our aim to investigate common geological processes which may lead to 
lithosphere scale asymmetric deformation, we select model parameters which pro
mote this type of extension. In this section we study a few models of thickened 
continental lithosphere (TCL; nomenclature taken from Braun and Beaumont, 
1989b). 

The initial steady-state geotherm in the reference continental lithosphere (RCL) 
has been calculated for the average continental surface heat flow of 60 mW/m2• 

The initial crustal thickness is 35 km, the Moho temperature is 548°C. Elevations 
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Fig. 3. Initial grid and geotherms of thickened lithosphere model. 

are relative to the initial RCL surface. 
The TCL results from instantaneous thickening of the RCL to produce a maxi

mum laterally inhomogeneous structure. We adopt a uniform crustal thickening 
factor p-l =2, which is the upper limit of thickening factors found in the Hi
malayas. To maximize the potential energy contrast of the TCL relative to the RCL 
without invoking additional tectonic mechanisms such as mantle delamination, we 
assume that the lithospheric mantle has not been thickened and has passively been 
depressed. After thickening, isotherms in the thickened lithosphere are unstable for 
two reasons. First, heat producting elements are concentrated in the upper crust and 
thickening of the crust eventually leads to a higher geothermal gradient. A second 
reason for thermal instability is that advective heat transport has occurred during 
the thickening phase. The surface elevation of the TeL relative to the RCL is cal
culated from local isostatic balance. Although we do not actually model the mantle 
beneath the TCL at depths greater than 100 kID, the continental mantle is assumed 
to continue to greater depths. 

The TeL is bounded by a transition region across which the crustal thickness re
turns to the reference value of 35 kID. To promote lateral inhomogeneity, we select 
a 25 kID width for the transition zone, which we consider a minimum, given that 
the topography of the TeL is more than 4 km (c.f. Davis et al., 1983). Figure 3 
displays the initial grid and geotherms. 

The strain in the models we consider in this chapter will be shown to be laterally 
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Fig. 4. Model 1 (Gravitational collapse 
model). Evolution oflithosphere model. 

inhomogenous. In the following dis
cussion, we classify the strain in ex
tended models as either symmetric or 
asymmetric on a rather arbitrary basis 
from inspection of the deformed finite 
element grid, and distributions of 
strain and strain rate. Thusfar, an ob
jective criterion which adequately de
scribes the overall style of extension 
has not been found. Our approach to 
classifying the style of extension is to 
look for lithosphere scale asymmetries 
and, if the evidence for asymmetric be
havior is vague or absent, to classify 
the style of extension as "pure-shear
like" or symmetric. Through figures of 
deformed model grids, we allow the 
reader to judge the symmetry or asym
metry of extension and weigh our clas
sification. This approach obviates the 
problem that, although we might clas
sify the style of extension on the scale 
of the lithosphere as symmetric, read
ers interested in the upper crust may 
decide for themselves that a specific 
mechanism leads to asymmetries in 
their region of interest. Anyway, 
would we have designed some objec
tive criterion, it would not have been 
sufficient to present our results by 
merely classifying the style of exten
sion on the basis of that criterion. The 

o 50 100 150 arbitrariness of prefering one criterion 
distance lkm] above another would be reflected in 

the fact that, in the grey area between 
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Fig. 5. Modell (Gravitational collapse model). Surface topography, Moho 
temperature, average effective strain rate and average effective strain at sym
metry center. 

pure symmetry and pure asymmetry, one criterion would classify a model as sym
metric, while the other would classify it as asymmetric. 

Modell. Gravitational collapse model 

In this model, the compressive in-plane force which thickened the crust is re
moved at t =O. Figure 4 shows the evolution of the model lithosphere. The poten
tial energy stored in the TCL does not suffice to cause significant extension in the 
first 10 Ma. Heating of the TCL has the combined effect of creating buoyancy 
forces and decreasing viscosities. This increases the rate of thinning which, in turn, 
increases the rate of mantle heating. It is therefore conceivable that, after approxi
mately 20 Ma, extension accelerates to lead finally to complete rifting. Figure 5 
displays surface topography, Moho temperature, strain and strain rate in the sym
metry center (x=O) as a function of time. The top panel of Figure 6 shows con
tours of effective strain after 22 Ma. Contours of the logarithm of effective strain 
rates after 22 Ma are displayed in the bottom panel. As a result of lateral heat con
duction, heating is most pronounced near the transition zone. Strain and strain rate 
maxima occur in the weak upper and lower crust near the transition zone. It is 
clear that the strain and strain rates are not homogeneous, a result which is hardly 
surprising in a laterally strongly varying structure. However, no clear asymmetry 
has developed and we consider the style of deformation, therefore, as essentially 
symmetric. Gravitational collapse can well be described by depth dependent uni
form stretching beneath the previously thickened region. 
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Fig. 6. ModeL 1 (GravitationaL coL
Lapse modeL). (a) Contours of effec
tive strain after 22 Ma. (b) Contours 
of Logarithmic effective strain rates 
after 22Ma. 
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Assuming different rheologies or a different initial geotherm would alter the time 
constants of our modeling but not the overall style of deformation. Compared to 
vertical heat conduction, lateral heat conduction is relatively unimportant in heating 
the TCL and, consequently, heating is rather uniform. Both the driving load for 
thinning and changes in the viscosity structure derive from heating of the TCL and, 
therefore, thinning occurs mainly by pure shear. Thickening of the lithospheric 
mantle by the same amount as the crust would focus the heating and deformation 
more within the crust, but it would again be fairly uniform. Although a complete 
investigation of the parameter space would be required to make conclusive state
ments, gravitational collapse is probably not relevant for initiation of a lithosphere 
scale asymmetrical mode of extension. This finding is in accordance with the re
sults of Braun and Beaumont (l989b). 

Model 2. Immediate extension of thickened continental lithosphere 

In the previous model we removed the in-plane compressive force immediately 
after the thickening phase. In Model 2 the in-plane force changes sign from com
pressive to 5 . 1012 N/m tension at t =O. This force is equivalent to an in-plane 
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Fig. 7. Model 2 (Extending TeL model). 
Evolution ofdeforming grid. 

stress of 50 MPa and is held constant 
from t =0 onward. 

Figure 7 shows the evolution of the 
extending lithosphere. The time scale 
of deformation is considerably shorter 
than in the previous model and after 4 
Ma the lower crustal deformation is so 
large that the results are becoming in
accurate. The deep lower crust acts as 
a detachment level and the cold TCL 
mantle is pulled from underneath the 
thickened crust. Some 3 Ma after in
plane forces switched from compres
sive to tensile (Figure 8), a dipping 
zone of elevated strains and strain rates 
cuts the whole continental lithosphere. 
This asymmetric structure develops in 
the mantle and upper crust in the 
downdip direction of the lower crustal 
shear zone. The conjugate zone (Fig
ure 8a), which develops in the TCL as 
a consequence of moment balance, dis
plays more distributed strain rates 
(Figure 8b) and more uniform defor
mation. Localized deformation along a 
fault dipping beneath the TeL is clear
ly preferred. 

Localized thinning of the crust gen
erates a foredeep (Figure 9) which is 
partly flexurally supported. Braun and 
Beaumont (1989c) recognized that 
thinning may lead to buoyancy forces 
working on lithosphere with a finite 
flexural strength. They invoke this 
mechanism to give an explanation for 
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Fig. 8. Model 2 (Extending TCL model) after 3 
Ma. (a) Contours ofeffective strain. (b) Contours 
oflogarithmic effective strain rate. 

flank uplifts in rift zones. Likewise, crustal thinning in our model generates down
ward directed buoyancy forces which cause an upwarp in the RCL (shown by the 
change in slope of the surface topography at 4 Ma between 120 and 150 kIn) and a 
more significant flexural uplift of the TCL. 

Model 3. Strain weakening in thickened lithosphere in extension 

In this model we incorporate a strain-induced transition in the rheology of the 
mantle from dislocation creep to diffusion creep. Depending upon ambient temper
ature and strain rate, the effect of a switch to diffusion creep can induce a drop in 
viscosity of several orders of magnitude. As such, a deformation mechanism 
change from dislocation creep to diffusion creep is viewed as a reason for shear lo
calization in the mantle (Poirier, 1980; see also references in Drury et al., 1991). 
Let us assume that strain weakening in the mantle starts soon after thickening, at 
5% natural strain. Following Rutter and Brodie (1988) we assume that the transi

o 100 200 
distance [km] 

300 
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Fig. 11. Model 3 (Extending TCL model Fig. 10. Model 3 (Extending TCL model 
with mantle weakening) after 3 Ma. (a)with mantle weakening). Evolution of 
Contours of effective strain. Weakeningdeforming grid. 
front (5% natural strain) and weakening 
tail (45% natural strain) lines are indi
cated. (b) Contours of effective strain 
rate. The high strain rates zone in the 
mantle is much wider than in the case 
without weakening (Figure 8). 

don to complete diffusion creep occurs over a strain interval of 40%, Le. strain 
weakening is complete at a natural strain of 45%. Mode13 only differs in this as
pect from the previous model. An in-plane tensile force, equivalent to a stress of 
50 MPa which is uniformly distributed over the RCL thickness, starts extending the 
TCL immediately after thickening. 

Figure 10 shows a few snapshots of the deforming lithosphere model. Mantle 
weakening starts after approximately 2 Ma. Comparison of Figures 7 and 10 shows 
that at 3 Ma, the Model 3 mantle has been stretched more in the TCL near the tran
sition zone. Prior to weakening, mantle strains are highest in this region and conse
quently, this is the region where strain weakening starts. After 4 Ma the transition 
to diffusion creep is nearly complete in the mantle of the TCL. Weakening acceler
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Fig. 12. (a) Uniform pre-stress. (b) Depth-dependent pre-stress. 

ates the overall rate of extension, and beyond 4 Ma the elements is are strongly de
formed and our results are no longer accurate. 

The differences in style of defonnation between the models with (Figure 11) and 
without mantle weakening (Figure 8) are significant. In Figure 11a the weakening 
front (5%) and weakening tail (45%) contours are indicated. Before weakening 
starts (at 2 Ma) the style of defonnation is identical to that of Model 2, Le. a litho
sphere scale fault grows from the shearing lower crust. After the weakening front 
starts sweeping the mantle, the style of defonnation is better described by pure 
shear. The dipping zone in Figure 11a is a relict of the pre-weakening strain. The 
strain rates give an impression of the current style of defonnation, which is pure 
shear at 3 Ma. At first sight this result is surprising, as strain weakening is called 
upon as a mechanism for localization. In the absence of weakening, shear defonna
tion in the lower crust controls the style of defonnation in the mantle beneath. After 
weakening has occurred the mechanical coupling between lower crust and mantle 
disappears and the mantle flows by pure shear in response to in-plane tensile stress
es. 

We recognize that the conclusions we draw from this model do not apply to all 
strain weakening mechanisms and that, even for the mechanism change to diffusion 
creep we do model, various assumptions were required to arrive at a suitable flow 
law (Rutter and Brodie, 1988). It is, however, clear from our modeling that strain 
weakening and shear localization are not synonymous. This conclusion is in accor
dance with results from a strain weakening model of continental lithosphere which 
has been not been subject to orogenic events and which, therefore, is close to ther
mal and mechanical equilibrium (chapter 4 of this thesis). 
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Model 4. Influence ofthickening pre-stress 

It will be the subject of chapter 6 of this thesis to present a more detailed investi
gation of model parameters and assumptions that are involved in our analysis. In 
the context of this chapter, we need to comment upon the assumption of uniform 
thickening pre-stress, since it affects the results of Model 2 significantly. 

By comparing the density moment of the TCL to that of RCL, the average differ
ential stress between thickened and reference lithosphere is calculated (Artyushkov, 
1973; England and McKenzie, 1982; Braun and Beaumont, 1989b). In the previ
ous models, we incorporated this average differential stress as pre-stresses which 
are uniformly distributed. Figure 12a shows the initial (uniform) pre-stress at the 
symmetry center. Figure 12a also displays the elastic solution to the equilibrium 
equation, Le. the pre-stresses in balance with gravity body forces. The 'plastic' 
stress, indicated in Figure 12a, represents the horizontal deviatoric stress after brit
tle deformation (chiefly in the upper crust) and viscous deformation in low
viscosity parts of the lithosphere has occurred. 

An alternative way to incorporate thickening pre-stress is to directly compare the 
pressure at some depth in the thickened column to the pressure at the same depth in 
the reference column, and to infer a stress difference from this (Le Pichon, 1983). 
This yields the deviatoric pre-stress as a function of depth. Figure 12b shows the 
resulting pre-stress distribution. Averaged over the lithospheric column, this pre
stress versus depth is the same as in Figure 12a. It is, however, important that ten
sile stresses in the crust are higher, and that mantle pre-stresses are compressive in 
this case. It is clear from the elastic stresses in Figure 12b that the pre-stresses 
exert an up-bending moment on the lithosphere. From the 'plastic' stresses we infer 
that the upper 15 kID (measured from the top of the RCL) are in brittle failure. 

Model 4 is identical to Model 2, with the exception that we replaced the uniform 
pre-stress by a depth-dependent pre-stress. Figure 13 shows the evolution of the fi
nite element grid, and should be compared with Figure 7. Figure 14 shows the 
strain and strain rate after 3 Ma, for comparison with Figure 8. In Model 2, the 
mantle is pulled from beneath the TeL, with the lower crust in the transition zone 
acting as a detachment. The combination of higher tensile pre-stress in the crust, 
and small tensile and compressive pre-stress in the mantle, shifts the focus of ex
tension in Model 4 to the crust Crustal deformation leads to more rapid attenua
tion of the Moho in Model 4. The overall style of deformation is therefore much 
more pure-shear-like (Figure 14). 
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INIRUSION IN ExTENDING LrmOSPHERE 

ModelS. Instantaneous intrusion 

Let us consider the RCL with a steady-state initial geotherm and a surface heat 
flow of 60 mW/m2• An in-plane tensile force is applied to the right hand side of the 
model which is equivalent in magnitude to a 50 MPa stress, distributed evenly over 
the 100 kIn lithosphere thickness. This force is kept constant from t =0 onward, 
and stresses are allowed to redistribute with depth. At t = 1. 2 Ma asthenosphere 
material instantaneously intrudes the lower 60 kIn of continental. lithosphere. Ef
fectively the mantle material in this column is replaced by the asthenospheric mate
rial, which has the same material properties as the mantle and which has a tempera
ture of 1350 DC. 

The top panel of Figure 15 displays the finite element grid at 1.2 Ma and the 450 
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Fig. 17. Model 5 (Intrusion model). Contours ofeffective strain after 4.7 Ma. 

°c temperature anomaly contour. The topography of the surface above the intru
sion (Figure 16) at 1.2 Ma is negligible; the asthenospheric material penetrating the 
mantle up to 5 km below the Moho generates buoyancy forces which are flexurally 
supported mainly by the upper mantle. Tensile fiber stresses (175 MPa) supported 
by the upper mantle, oppose vertical motions of the Moho and the surface. The av
erage strain rate in the intruded column increases by nearly an order of magnitude 
due to thermal stresses and buoyancy forces. The intruded material cools (and so
lidifies) very rapidly, however, and the average strain rate drops to a value which is 
higher than the pre-intrusion strain rate. The topography of the Moho at 4.7 Ma 
(Figure 15) is a consequence of localized extension of the intruded lithospheric col
umn and widening of the thermal anomaly in the surrounding mantle; thinning of 
the intruded column causes subsidence and downward isostatic restoring forces, 
heating of mantle surrounding the intrusion generates buoyancy forces. It is clear 
from Figures 15 and 16 that the intrusion serves to localize deformation and leads 
to complete lithospheric failure at the constant in-plane force boundary condition 
which is applied in this model. 

From the contours of effective strain at 4.7 Ma (Figure 17) it is clear that, to con
serve torque balance, two conjugate systems of enhanced shear develop in the 
lithosphere. The system is perfectly symmetric and neither of the two conjugate 
systems will develop preferentially. The overall style of deformation can therefore 
best be described by a pure shear model. The results of Braun and Beaumont 
(1989a) and Dunbar and Sawyer (1989) show that if some offset material weakness 
is added to the system, preferential development of one of the branches is promot
ed. A model with the intrusion occurring at 25 km from the symmetry center 
(x =0) gives slightly asymmetrical results; as a consequence of the mechanical 
boundary conditions (Figure 2),· the slope of horizontal interfaces in the symmetry 
center is zero. Consequently, the flexural behavior on either sides of the intrusion is 
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different, but the effects of this asymmetry on the style of deformation are minor. 
In the absence of offset weak zones or other causes for asymmetrical behavior 

any model of vertical intrusions will illustrate the tendency of the lithosphere to 
overall pure shear deformation. We consider it very likely that if, at some stage, a 
fault (in the sense of a zone of intensely localized deformation) would develop on 
one branch in Figure 17 along which shear deformation occurs, the tendency to 
moment conservation would generate stresses on the other system to also initiate a 
fault. Based upon these arguments and our model results we consider intrusions 
alone, Le. not in combination with causes for preferential development of one of 
the deformation branches, not relevant for initiating lithosphere scale asymmetrical 
structures. 

o I ~ 133 % 10 

..... 

s 
~ 
EN 
~ 
lib 
~o 

~ 

ISO 200 250 
distance [lcm) 

~ 
strainratc 

_-L--------.; ~ 

E J '" ~ _ 5'
l§ 

J 
I! ~i:3 

'"Ii'I Moho 
tempcratw:8 -~-
 ..!B 

o~ 

o~~ 
2 4 6 8 10 12 

Plume time [Ma) 

§ 

00 
0 

S~ 
5' 

~~ 

~ 

0 

Fig. 18. Model 6 (Mantle plume model). Fig. 19. Model 6 (Mantle plume model). 
Contours of effective strain and deformed Surface topography, Moho temperature, 
grid at 10 Ma. Arrows indicate where the average effective strain rate and average 
plume is applied. effective strain at symmetry center (x=O). 

The grey column indicates the interval in 
which the plume is linearly increased to 
its full magnitude. 

MANTLE-LrrnOSPHERE INTERACTION 

Model 6. Mantle plume 

In this model we investigate asymmetric deformation caused by mantle plumes 
impinging to the base of the continental lithosphere. As discussed in the introduc
tion, we consider the mechanical effects of mantle plumes only. A basal pressure is 
used to model the (mechanical) effect of a rising plume (Figure 18). The plume is 
applied between t = 0.2 Ma and t = O. 7 Ma, and kept constant onward, to a 100 km 



137 Initiation ofasymmetric extension 

wide zone left and right from the symmetry center (x =0). The basal pressure ends 
abruptly at 100 kIn to create the maximum possible lateral pressure gradient. The 
magnitude of the basal pressure is derived from the observation of 1000 meter am
plitude oceanic swells; assuming that the swells are in local isostatic equilibrium 
and that uplifts are completely dynamically supported, yields a pressure of 32 MPa. 
The model is subject to a constant in-plane tensile force equivalent to 50 MPa, 
which is left to redistribute with depth before the mantle plume is applied. 

Figure 19 shows the strain rate, surface topography, Moho temperature and strain 
at the symmetry center as a function of time. The surface topography resulting 
from the mantle plume is close to 1000 meter immediately after the plume is ap
plied to the base of the lithosphere. The width of the mantle plume is larger than 
the flexural wavelength of the continental lithosphere and the system is close to iso
static equilibrium near the symmetry center. 4 Ma after the plume was applied the 
surface subsides below sea level as a result of crustal thinning. From Figure 18 it is 
clear that the style of deformation can well be described by pure shear. We con
clude that mantle plumes are irrelevant for initiating an asymmetric mode of defor
mation. 

Model 7. Delamination during thickening ofcontinental lithosphere 

In this model we assume that delamination occurs during a compression phase 
which uniformly thickened the crust by p-l =2 and which passively pushed down 
the undeformed mantle (c.f. Modell). The lower 35 kIn ofthe mantle are assumed 
to detach from the lithosphere beneath the thickened region and to be replaced by 
asthenosphere material. We assume that sinking of the detached mantle will main
tain a back flow of asthenospheric material, inhibiting downward cooling and 
"mantle healing". This assumption is reflected in a constant 1350 °C temperature 
boundary condition beneath the TCL in our modeling. Like in Model 1, we use pre
stresses to model the potential energy difference between TCL and RCL. In-plane 
compressive forces are applied to balance the pre-stresses and to maintain the to
pography. Isostatic forces resulting from delamination are included as pressures 
working on the base of the TeL. 

The combined effect of mantle heating and isostatic pressures is clear in Figure 
20, which displays the finite element grid and strain 2.1 Ma after delamination has 
occurred. After· about 3 Ma the mantle has become so deformed that the finite ele
ment results are inaccurate. Figure 20 shows the onset of a "asthenospheric diapir" 
that rapidly "eats" its way through the continental mantle. The crust hardly de
forms due to the in-plane containment forces. Effectively, the style of deformation 
is symmetriC as a consequence of a non-defonning lower crust. 
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Fig. 20. Model 7 (Delamination during thickening model). Contours ofeffective strain and 
deformed grid at 2.1 Ma. 

ModelS. Delamination after thickening ofcontinentllllithosphere 

The difference between this model and Model 7 is that delamination occurs at 
the end of the thickening phase, which is characterized by a switch of the in-plane 
forces from compressive to a tensile force which is equivalem to an average stress 
of 50 :MFa. Figure 21 shows the deformed grid, the strain and strain rates at 2.1 
Ma after delamination occurred and stretching started. A wne of intense deforma
tion has developed from the lower crust which dips into the mantle. The style of de
formation near the base of the lithosphere is pure shear. As the lithosphere
asthenosphere boundary rises the strain maxima link up (Figure 22) to a lithosphere 
scale detachment fault. 

The dependence of the results from Model 8 on the distribution of thickening 
pre-stresses is, like in the case of Models 2 and 4, significant. In chapter 7 of this 
thesis we present a detailed investigation of factors which control the symmetry or 
asymmetry of extension after continental thickening and delamination. We show 
that the style of extension is much more symmetric when residual stresses from 
thickening are distributed non-uniformly with depth. 
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Fig. 21. Model 8 (Delamination and in Fig. 22. Model 8 (Delamination and in
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DISCUSSION 

In intraplate regions, there is a strong tendency for total strain rates to develop 
which are uniform with depth (Kusznir and Bott, 1977; Kusznir, 1982; chapter 3 of 
this thesis; chapter 4 of this thesis), or equivalently, the normal mode of intraplate 
deformation is pure shear. Initiation of shallow dipping lithosphere-scale faults 
therefore has to occur under special circumstances. Pre-existing weaknesses might 
control the initiation of detachment faults, but there is no evidence that strain al
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ways localizes along mechanical discontinuities. Mechanisms for initiation of 
translithospheric detachments based upon pre-existing weaknesses lithosphere, dis
regard the possible relation between continental thickening and subsequent asym
metric extension. We have investigated physical conditions which may lead to ini
tiation of asymmetric extension. In this study we have considered three classes of 
causes for initiation of asymmetrical extension on lithosphere scale faults; conti
nental collision, magma intrusions and causes resulting from lithosphere-mantle in
teraction. 

We find that development of detachment faults is likely in the transition zone of 
continental lithosphere which has been thickened very rapidly compared to the 
thermal time constant of the lithosphere, i.e. on the order of a few Ma. A second re
quirement is that the in-plane compressive force causing continental thickening, 
switches to in-plane tension rapidly (again compared to the thermal time constant). 
The fault zone is predicted to dip under the thickened continental lithosphere, con
sistent with observations in the Aegean (Lee and Lister, 1992) and in the Basin and 
Range (Wernicke, 1981). Our models predict a normal sense of shear along a dip
ping wne of localized deformation which evolves from the dipping lower crust. 
Any delay in either the mountain building or the sign switch of in-plane force will 
result in thermal relaxation, generating diffusely distributed buoyancy forces which 
tend to decrease the slope of the Moho. Since Moho depth gradients appear to be 
crucial for initiating dipping fault zones, thermal relaxation will thus, decrease the 
tendency of the lithosphere to asymmetric deformation. We show that our results 
are sensitive to the pre-stress distribution in our modeling. 

A vertical magma intrusion into the lithosphere alone cannot initiate large scale 
asymmetric deformation. Two conjugate systems of localized strain evolve, but 
none of them develop preferentially. It is clear that the orientation of the intrusion 
influences the symmetry of extension. We did not actually model intrusions in more 
gently dipping orientations, since the results would be very similar to the findings 
of Braun and Beaumont (1989a) and Dunbar and Sawyer (1989), who study the 
style of extension of offset pre-existing weak zones in the crust and mantle. These 
authors show that if a cause for preferential development of one of the two conju
gate branches is added (in their case an offset crustal weak wne), the system will 
evolve asymmetrically. 

Mantle plumes are probably not relevant for initiating detachment faults. 
Our model study indicates that mantle delamination resulting from continental 

thickening is a likely mechanism for initiating detachment faults if delamination 
occurs at the end of the compression phase and if in-plane tensile forces are applied 
to the thickened system immediately after compression. Model experiments not re
ported here indicate that this result is sensitive to the way thickening pre-stresses 
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are applied in the modeling. A particular feature of the delamination model is that 
an asthenospheric diapir evolves, which will generate melt as a result of its rapid 
ascent and decompression. Latin and White (1990) argue that melt generation is 
unlikely in simple shear deformation. If, however, delamination precedes simple 
shear extension, this is not necessarily so. 

Another interesting result from our modeling is that dramatic strain weakening 
in the mantle decreases the tendency for localized asymmetrical deformation. 
Lithosphere scale detachment faulting is promoted in a layered rheological system 
with a weak lower crust overlying a strong mantle. Weakening of the mantle me
chanically decouples the deformation behavior of the lower crust from the mantle, 
which subsequently deforms by pure shear. 

It is important to realize that some mechanisms, which are concluded not to gen
erate lithosphere-scale faults, do predict crustal scale detachments. Based upon ex
perimental flow laws and realistic geotherms, the lower crust should be very weak 
and, therefore, represent an excellent level for decoupling the crust from the 
mantle. In general, crustal detachments will lead to mixed-mode extension. How
ever, more can be learned about the controlling physical mechanisms by studying 
end-members of the extension models spectrum. Given the tendency to pure shear 
extension in intraplate deformation, we have, therefore, focussed on the physical 
mechanisms which are relevant in the evolution of whole-lithosphere asymmetric 
features. This chapter intends to give insight in the overall conditions which deter
mine the initiation of lithosphere scale faults. We did not conduct a full parameter 
study but selected a few models of fairly common geological processes. Combina
tions of the above causes for asymmetrical deformation may occur, but are consid
ered less likely. In chapters 6 and 7 of this thesis we investigate how parameters of 
the continental thickening mechanism affect the tendency to initiation of litho
spheric detachment faults. 
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Chapter 6 

Conditions controlling the style of post-thickening extension 

INTRODUCITON 

In chapter 5 of this thesis we discussed various causes for initiation of litho
sphere scale faults. It was concluded that continental thickening, with or without 
delamination of lithospheric mantle, may lead to asymmetric extension. The rele
vance of these results in the context of continental extension and rifting is dis
cussed in chapter 1. Earlier studies on the response in extension of continental 
lithosphere containing offset crustal and mantle weak zones (Braun and Beaumont, 
1989a; Dunbar and Sawyer, 1989) showed that these may link up into a single 
asymmetric system along which extension is accommodated. In the case of the 
continental thickening mechanism, creation of dipping weak zones and subsequent 
large scale asymmetric extension are integral parts of one single process. 

It is the purpose of this chapter to present an investigation of parameters which 
affect the symmetry or asymmetry of post-thickening extension. Extension after 
mantle delamination will be the subject of chapter 7. It is impossible to present the 
results of a full parameter space investigation. first, because we did not do it, and 
second, because there is little benefit to be gained. Instead, we will try to develop 
some understanding of the mechanisms which control the style of extension. The 
insight, thus gained, should be the basis for assessing the evolution for parameter 
settings we did not actually model, at least in a qUalitative way. 

The chapter is divided into two parts, based upon the distribution with depth of 
residual stresses (pre-stresses) from the mountain building phase. In the first part 
we study the evolution of lithosphere in which residual stresses are distributed uni
formly with depth. In the second part, results will be shown in which pre-stresses 
vary with depth. This approach is motivated by the fact that most studies on post
thickening extension adopt the simplified assumption of uniform pre-stress (Eng
land and McKenzie, 1982; Houseman and England, 1986; Sonder et at., 1987; 
Braun and Beaumont, 1989b), It is therefore relevant to compare results obtained 
with a uniform pre-stress assumption with results based upon depth-dependent pre
stresses. Also, the physical mechanism(s) controlling the style of extension are 
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Table 1. Model parameters. 
Asthenosphere 

temperature Tm 1350 °C 
Asthenosphere 

density Pa 3253 kg'm-3 

Young's modulus E 1011 Pa 

Poison's ratio v 0.25 

Sedimentfiux 
m2 • S-lcoefficient K sed 6 ·1<r6 

Sediment density P s 2800 kg'm-3 

Gravity 
acceleration g 9.8 m' S-2 

Specific heat Cp 1300 J. kg-I. K-1 

Thermal expansion 
coefficient a v 3.2 '10-5 K-1 

most easily analyzed in the context of uniform pre-stress models. We will show 
that the distribution of residual stresses from the collision phase plays an important 
role in controlling the style of subsequent extension. 

Each of the two parts of this chapter is subdivided into three sub-parts. In the 
first sub-part, we investigate the effects on the style of extension of parameters that 
are related to the period before thickening started, like the initial composition and 
initial geotherm. The second sub-part deals with the influence of syn-thickening 
parameters, such as the geometry of the collision belt and the duration of the moun
tain building period. In the third sub-part, the impact of post-thickening assump
tions is analyzed. Mountain building is assumed to have occurred as a result of a 
compressive in-plane force, and the end of this orogenic phase signifies that there is 
either a balance between this in-plane force and the tendency to gravitational 
spreading of the thickened lithosphere, or that the magnitude of the in-plane force 
has decreased. In the third sub-part, we will therefore investigate various scenarios 
in which the in-plane force remains constant, or changes in magnitude and/or sign 
at some instant. 
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.MODEUNG APPROACH 

Governing equations 

The mechanical evolution of continenta1lithosphere on million year (Ma) time 
scales is governed by the equilibrium equation 

V·u+pX=O 

where u is the Cauchy stress tensor, p mass density and X body force. A more 
suitable form of the equilibrium equation is found when it is supplemented with 
constitutive equations. We model the rheology of continenta1lithosphere as a com
bination of e1asto-visco-p1asticity and non-linear visco-elasticity (c.f. chapter 3). 
To include the buoyancy effects due to thermal expansion and to incorporate the 
strong non-linear dependence of rock rheologies on temperature, combined solu
tion of the heat equation is required 

aT 
pCp at =v .(kVT) + H + u . i 

where Cp is the specific heat at constant pressure, T is temperature, t is time, k the 
conductivity tensor, H the heat production per unit volume and i the strain rate 
tensor. The mechanical equilibrium equation and heat equation are solved sequen
tially using a two-dimensional finite element procedure. We refer to chapter 3 for a 
more elaborate discussion of the basic equations and solution procedures. The 
boundary conditions (b.c.) we employ are identical to the ones in chapter 5. 

Erosion and sedimentation 

Relative to the previous chapters, a new feature in our finite element calculations 
is that we incorporate the effects of erosion and sedimentation. It has long been 
recognized that sedimentation and erosion can have significant tectonic influence 
since, mechanically, erosion and sedimentation cause a lateral migration of surface 
loads. To incorporate the effects of erosion and sedimentation on the evolution of 
continental lithosphere we use a diffusion equation (Culling, 1960) 

ah 2at =K sed • V h 

where h is elevation, K sed is a mass flux coefficient and V2 is the spatial Laplace 
operator. Although there is no sound physical basis for using a diffusion equation 
for all possible kinds of sediment transport, Flemings and Jordan (1989) give argu
ments in support of this approach. Probably, on the scale of the lithosphere, the 
diffusion equation is a first order description of mass transport as a result of erosion 
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Table 2. RCL parameters for qo = (J)mW1m2 

Upper crust 
Rheology 

Density 

Geotherm 

Thickness km 

kg'm-3 

W·m- l ·K-l 

,uW'm-3 

Wet quartzite (Patterson and Luan, 1990) 
Qpl 135 kJ . mole- l 

Api 7.76' 10-26 Pa-3 . 1 . S-1 

npl 3.1 

Pue 2872 

kue 2.56 
Hue 1.37 

17.5 
LowerCTust 

Rheology 

Density 

Geotherm 

Thickness km 

kg'm-3 

W ·m-lo K- l 

,uW'm-3 

Adirondack granulite (WJ..1ks and Carter, 1990) 
Qpl 243 kJ 0 mole- l 

Api 9.55 0 10-21 Pa-3 . 1 
0 S-1 

npl 3.1 

Pie 2872 

kk 2.55 
Hie 0.45 

17.5 
Lithospheric mantle 

Rheology 

Density 

Geotherm 

kg'm-3 

W' m- l 
0 K-l 

,uW 0 m-3 

Wet olivine (Rutter and Brodie, 1988) 
Qpl 420 kJ 0 mole- l 

Api 8.57 0 10-15 Pa-3 
0 S-1 

npl 3 

Pma 3297 

kma 3.20 
Hma 0.02 

Thickness 70 km 

and sedimentation. Related to the problem of the physical process(es) controlling 
the large scale erosion and sedimentation, is the problem of determining the mass 
flux coefficient K sed ' Depending on the geomorphological environment, numbers 
ranging between 3· 10-11 m2/s and 2· 10-2 m2/s have been found (Flemings and 
Jordan, 1989). In our modeling we chose an average value of K sed =6· 10-6 m2/s 
(Table 1). 

The mechanical effects of lateral mass transfer as a result of erosion and sedi
mentation are included as nodal forces in our finite element code. Mass conserva
tion is implicitly included in the diffusion equation, meaning that sediment flux in
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Table 3. Models which are discussed in this cha ter. 
Uniform pre-stress models 
Ul	 Rheology: low-viscosity upper crust, lower crust and mantle. 

Geothermal gradient: qo =60 mW1m2
• 

Thickening: instantaneous, fJ~1=2. fJ;.l=l. Transition zone width 25 km. 
Inplane tensile force: applied immediately after thickening, equivalent to a uniform 
50 MFa inplane stress. Subsequent models are identical to this model, except for 
the indicated deviation. 

U2 Strong upper crust model.
 
U3 VlSCOUS lower crust model.
 
U4 Strong mantle model.
 
US Cold initial geotherm model.
 
U6 Hot initial geotherm model.
 
U7 Duration of thickening period 5 Ma.
 
U8 Duration of thickening period 20 Ma.
 
U9 Uniform thickening model.
 
UlO Wide transition zone model.
 
U 11 Gravity collapse model.
 
U12 Inplane force starts acting after 20 Ma.
 
U13 Twice inplane force magnitude.
 

Non-uniform pre-stress models 
Nl Identical to model Ul, except for initial stress distribution.
 
N2 VISCOUS lower crust model. Subsequent models are identical to this model, except
 

for the indicated deviation. 
N3 VISCOUS upper crust model. 
N4 Strong mantle model. 
N5 Cold initial geotherm model. 
N6 Hot initial geotherm model. 
N7 Duration of thickening period 5 Ma. 
N8 Duration of thickening period 20 Ma. 
N9 Uniform thickening model. 
NlO Wide transition zone model. 
NIl Gravity collapse model. 
N12 Inplane force starts acting after 15 Ma. 
N13 Twice in lane force 'tude. 

to or out of the model is excluded, Sediment compaction and thermal effects of ero
sion or blanketing are not included into the modeling. 

It can easily be shown that the solution of the diffusion equation in symmetric 
models in two dimensions is the sum of Fourier components 

00 (nnx) ( nnx)hex. t) = E. An cos L exp -Ksed ( L )2 t 
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of the crust and lithospheric mantle is quantified using 
uniform stretching parameters Pc and Pm. 

for model length L. Note that short wavelength components (An =L/2n) have very 
short decay times (Tn =L2/n2n2Ksed)' We checked our finite element solutions 
against these analytical solutions and found a good agreement. 

Residual stress from thickening 

Relative to normal lithosphere, continental lithosphere that has been thickened 
under local isostatic conditions is in a state of stress (Love, 1911). In this chapter, 
we adopt two different approaches to incorporating these residual stresses. In the 
first approach, the average stress difference between thickened and normal columns 
of continental lithosphere is calculated. In our finite element models, these stresses 
are incorporated as pre-stresses which are distributed uniformly with depth in the 
thickened lithosphere. This uniform pre-stress approach is basically identical to the 
method used by other workers (England and McKenzie, 1982; Houseman and Eng
land, 1986; Sonder et al., 1987; Braun and Beaumont, 1989b). In the second ap
proach, pre-stresses in the thickened continental lithosphere are calculated by com
paring the pressures in different columns at the same depth (Le Pichon. 1983; see 
also, Fleitout and Froidevaux, 1982). Conceptually, the depth-dependent pre-stress 
approach is more simple and therefore it will be discussed first. 

....s.. 

Pa 
RCL 

Pa 
TCL 

Fig. 1. Definition ofgeometrical parameters. Thickening 
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Fig. 2. Pre-stress resulting from isostatic thickening. (a) Depth-dependent residual stresses. 
The line labeled "pre-stress" shows a typical distribution with depth of pre-stresses in the 
TeL. The elastic equilibrium response to the pre-stress input is labeled"elastic stress". The 
"plastic stress" line displays the stress distribution after relaxation of elastic stresses by 
brittle deformation. (b) Shows the stress distributions for uniformly distributed pre
stresses. 

Depth-dependent pre-stress 

In the absence of tectonic contributions, the horizontal stress a xx at depth z is ap
proximately equal to the overburden pressure (pressure negative) 

z 

axx(z) = - g f p(z')dz' 

where S represents surface elevation. In our simple lithospheric model, the isostat
ic surface elevation in the thickened continental lithosphere (TCL), relative to the 
reference continental lithosphere (RCL), is 

for RCL crustal thickness Dc, RCL mantle thickness Dm, crustal stretching factor 
Pc. mantle stretching factor Pm' crustal average density Pc, mantle average density 
Pm and asthenospheric density Pa (Figure 1). We adopt the original definition of 
the stretching factor P to describe homogenous thinning. In this definition, the in
verse stretching factor p-1 is the homogeneous thickening factor. The average den
sities depend on composition and initial geotherm. In the following, we will refer 
to the lithospheric mantle as "the mantle". The mantle beneath the lithosphere will 
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be referred to as "the asthenosphere". The stress difference between the TCL and 
RCL at some depth is obtained by a straightforward comparison of horizontal 
stresses in the respective columns 

z z 

fuTxx(z) = g I pTCL(z/)dz' - g I pRCL(z/)dz' 

Figure 2a shows a typical pre-stress distribution in the TCL. The "elastic stress" 
line shows the stress distribution, after the pre-stresses have balanced with buoyan
cy forces. The "plastic stress" line indicates the stress distribution after relaxation 
of brittle overshoot stresses. It is clear from Figure 2a that, as a result of depth
dependent pre-stresses, a net torque is exerted on the TCL. In vertical planes cut
ting the TCL, a net shear stress is therefore required to maintain equilibrium. Basi
cally, this is inconsistent with our initial assumption of local isostasy, which re
quires that lithospheric columns are able to move freely, Le. that no shear stresses 
are supported between them. 

Average residual stresses from thickening 

The above inconsistency does not occur in the second approach. in which the av
erage stress difference between RCL and TCL columns is calculated. The horizon
tal mechanical equilibrium equation in two dimensions 

dUxx + dUxz =0 
dX dZ 

may be integrated from the surface down to the isostatic compensation depth de: 

de de 

dzo- J;x q u dz + J;z q u 

de 

=;x Jqudz + qu(d.) -qu(S) 

if dS/dX and dde/dX are negligible. Implicitly it is assumed here that sub
lithospheric stress contributions are absent. Shear stresses at the free upper surface 
are zero. We assume that shear stresses at the compensation depth are also negligi
ble as a result of low viscosities. In this case, the shear stress terms drop from the 
equations, and the horizontal force is constant 
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Fig. 3. Dependence ofaverage pre-stress magnitude on initial geotherm (parameterized by 
qo). crustal thickening factor p;l and mantle thickening factor p;.l. 

de 

F X =ICTxxdz 

Like before. we assume that the horizontal stress is equal to the overburden pres
sure. to arrive at the following expression for the horizontal force in a lithospheric 
column 

de Z 

(1)F X =- g II p(z/)dz'dz 

The depth-averaged horizontal stress ACTxx between a TCL column and a RCL 
column is defined by 

RCL _FTCL 
-- F x XACTxx =---=--_-:.:.....

de 

At this stage we can relax the assumption that sub-lithospheric forces are negligi
ble; for calculation of Aaxx we use the difference between the horizontal forces in 
respective lithospheric columns. Processes in the mantle beneath the continental 
lithosphere probably occur on large length scales. It is, therefore, sufficient if the 
lithospheric columns are proximate so that the mantle contribution to both columns 
is the same. Calculation of the average horizontal stress of continental columns rel
ative to an oceanic column (Braun and Beaumont, 1989b) is therefore considered 
less realistic. 

Figure 2b shows the uniformly distributed pre-stress in the TCL. The resulting 
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elastic stress distribution is very similar to the input pre-stress. Stress relaxation 
due to brittle deformation in the upper crust and little ductile deformation in the 
lower crust and mantle is evident in the "plastic stress" line in Figure 2b. 

Figure 3 displays t:..uxx as a function of initial surface heat flow qo, p~l and p;,! . 
The results are based on a model of TCL with an initial steady state geotherm with 
a surface heat flow of (J)mW/m2, p;1 =2 and p;l =1. Average crustal and mantle 
densities depend on the geotherm and the isostatic surface elevation S varies as a 
function of qo. The compensation depth de in (1) is set at the 1350°C isotherm. 
Therefore, both the integration limits and the density terms in (1) depend on the 
geothermal gradient, and from Figure 3a it is clear that the average stress difference 
depends on qo in a non-linear fashion. Figure 3b shows the effect of variations in 
crustal thickening at a constant geotherm and without mantle thickening. It has 
been noted by several authors (e.g. Fleitout and Froidevaux, 1982) that the average 
pre-stress in TCL with a thickened mantle root may be compressive. This is clear in 
Figure3c. 

UNIFORM PRE-STRESS MODELS 

ModelUl 

(Model U11 In the first part of this chapter we consider models of post-thickening 
extension in which residual stresses from the thickening phase are distributed uni
formly with depth. The first model is identical to Model 2 in chapter 5, with the ex
ception of sediment loads which are included in the current model. Our finite ele
ment models are symmetric around a vertical axis and actual calculations are per
formed in the right hand side of the complete model only. The left hand vertical 
boundary therefore is a symmetry axis and mechanical and thermal boundary con
ditions are selected to reflect this symmetry; horizontal displacements and horizon
tal heat flow are zero on this side. Boundary conditions on the right hand vertical 
model boundary are based upon the assumption that the model continues infinitely, 
or at least very far, to the right. In chapter 3 it was concluded that vertical gradients 
in horizontal strain rates are negligible at a few hundred kilometers from a vertical 
boundary where non-rotative end loads are applied. Mechanically, the left model 
boundary is therefore a no-tilt boundary and the boundary is thermally insulated. 
Temperatures at the free upper surface are zero 0c. A uniform heat flow applies to 
the lower model boundary. The lithosphere-asthenosphere boundary is modeled as 
a small density inversion, with a magnitude which depends on the initial geotherm 
via the average lithospheric mantle density. Parameter settings which have been 
used throughout this chapter are shown in Thble I. 

The initial steady state geotherm in the RCL has been calculated for a surface 
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Fig. 4. Evolution of Model 
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Fig. 5. Model Ul after 4 Ma. (a) Tem
perature change since t =0. (b) Con
tours of logarithmic effective strain 
rate. 
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heat flow of 60 mW/m2 
• Table 2 shows layer parameters which are specific for 

Model Ul. The crustal thickness of the RCL is 35 kIn. In our models, the thick
ness of the RCL is controlled by the minimum viscosity which can be handled by 
the finite element method. The TCL results from instantaneous thickening of RCL 
by a factor p;/ =2 in the crust. The TCL mantle has not been thickened and has 
been passively pushed down. Preliminary experiments with non-flat lower model 
boundaries indicated that the topography of the lower boundary controlled the 
evolution of the overlying lithosphere, as a result of instabilities which developed 
near this interface. The finite element method we employ is not very suited for 
modeling fluid-flow like processes which occur near the lithosphere- asthenosphere 
boundary. Therefore, in order to minimize the influence of the initial shape of the 
lower model boundary on the lithosphere model, the lower boundary is flat and the 
TCL mantle portion which has been depressed below the RCL thickness is not ex
plicitly modeled. Heat production in the lithospheric mantle is very low, so that ap
plying the heat flow b.c. to the flat TCL lower boundary, instead of applying it to 
the bottom of the depressed mantle, gives nearly identical temperatures in the over
lying lithosphere. Mechanically, not modeling the depressed mantle is equivalent to 
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Fig. 6. Sediment thicknesses ofmaterial eroded between 0 and 1 Ma, between 1 and 2 Ma, 
between 2 and 3 Ma, and between 3 and 4 Ma. (a) After 1 Ma. (b) After 2 Ma. (c) After 3 
Ma. (d) After 4 Ma. 

assuming that straining this low-viscosity part of the mantle has a negligible effect 
on the deformation of the overlying lithosphere. 

In Model Ul, the width of the transition zone between TCL and RCL is 25 Ian 
(c.f. Figure 3 of chapter 5). At t =0, the in-plane compressive force that caused 
lithospheric thickening and mountain building, changes into a tensile force equiv
alent to 50 MPa, distributed uniformly over the lithospheric thickness. 

Figure 4 shows the evolution of the lithosphere model and contours of effective 
strain (c.f. definition in chapter 5). Compared to the results of the model without 
sedimentation (Figure 7 in chapter 5), little has changed. Slight differences occur as 
a result of the fact that, in the current initial model, the lithospheric mantle is 5 Ian 
thicker than the mantle in the previous model. Heating of the TCL mantle from be
low is therefore slower. The timing of onset of asymmetric extension in the mantle 
is somewhat delayed, but it is apparent from Figures 4 and 5 that the overall style 
of extension is identical to that of Model 2 in chapter 5. The upper sedimenta
ry/erosional surface of the panels in Figure 4 show that material is transported from 
the TeL to the foot of the mountains. 

Figure 6 shows the synthetic stratigraphy at various instants during extension. 
As a result of the vertical exaggeration in the Figure, angular relations between var
ious sediment beds are distorted. It was noted before that small wavelength mor
phological features are removed very rapidly. The initial sharp edge of the TeL 
has eroded away after 1 Ma (Figure 6a) and sediment deposition has smoothed out 
the RCL edge near the transition zone. Uplift of exhumed rocks and subsidence of 
sediment loaded basement occurs, producing a continued transpon of sediment ma
terial from the TCL to the basin. With time, the surface gets smoother, and the 
basin depocenter migrates outward. The total sediment thickness after 4 Ma is 
close to 3 km. 
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Fig. 7. Topography ofuneroded surface at 0.1 Ma, 1 Ma, 2 Ma, 3 Ma and 4 Ma. (a) Topog
raphy in model without sedimentary transport (Model 2 of Chapter 5). (b) Topography of 
Model Ul. 

It was already observed from Figures 4 and 5 that the overall style of deforma
tion is little affected by the effects of erosion and sedimentation. Differences are 
most clearly seen by comparing the surface topography of the model without sedi
ment transport (Model 2 of chapter 5) and the (uneroded) basement topography of 
Model VI (Figure 7). Like in Figure 6, the effects of unloading due to erosion and 
loading as a result of sediment deposition are clear in Figure 7b. 

Figure 8 is a very schematic view of the lithosphere, which we use to identify the 
physical mechanisms controlling the onset of asymmetric extension. The top panel 
shows the initial TCL-RCL geometry, to which a uniform end force is applied. It 
has been shown in chapter 3 and by Kusznir and Park (1987) that stresses redis
tribute rapidly in strong layers of the lithosphere. This is shown in the middle pan
el of Figure 8. The strongest part of the lithosphere is the mantle directly beneath 
the Moho, and consequently, most of the load is supported here. The effect of ex
tending the TCL-RCL system may be compared with stretching a piece of crooked 
rubber band. Stretching the rubber band will straighten it out, and likewise, tensile 
loads on the sub-Moho lithosphere will generate vertical forces. Shear in the lower 
crust of the model is required by the initial geometry. Namely, the length of the 
horizontal line between points a and b is less than the the length measured along 
the Moho line between the same points. Therefore, extension and flattening out of 
the Moho must be accompanied by shear strain. This shear occurs in the relatively 
weak lower crust. 

It remains to explain why shear in the lower crust links up with the strong 
mantle, as these layers are mechanically partially decoupled by the low viscosities 
of the lower crust. Basically, this is caused by the initial thermal field of the thick
ened lithosphere. Thermally, the TCL is unstable as a result of the thicker crust 
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Fig. 8. Mechanisms controlling the style 
of extension. Top panel:a uniform in
plane end load is applied to the TCLIRCL 
system. Middle panel: most of the stresses 
are supported in strong layers ofthe litho
sphere, notably in the mantle directly 
beneath the Moho. Lower panel: the com
bination of straightening out of the Moho 
and buoyancy forces in the lithospheric 
mantle is the cause of an overall asym
metric style ofextension. 

which overlies it, and because it has been advected very rapidly. The mantle be~ 

neath the TCL is relatively cold initially, and starts to heat up by thermal conduc
tion. Near the transition zone, thermal conduction occurs both vertically and later
ally and heating is therefore more rapid than in other parts of the TeL mantle (c.f. 
Figure 5a). Thermal expansion and buoyancy forces, together with a strong de
crease in effective viscosities, are the reason for a rather localized region where 
thinning occurs and the asthenosphere starts to rise. Rising light asthenospheric 
material exerts an upward force (see Figure 8, bottom panel). The combined effect 
of a net moment exerted by the rising asthenosphere and shear in the lower crust, 
causes preferential development of the shear system in the mantle that dips beneath 
the TCL. 

The finite element results of Model lil and the analysis presented above, will 
serve as a frame of reference for the uniform pre-stress models we will examine 
next. 

Variations in pre-thickeningparameters 

Model lil was the result of a three-stage evolution; (1) a period before thicken
ing, in which the composition and initial geotherm of the RCL were defined, (2) an 
instantaneous syn-thickening phase, with crustal thickening by a factor of 2 and no 
mantle thickening, and (3) the post-thickening period which starts at t=O. In this 
sub-part we investigate the influence of pre-thickening parameters on the style of 
extension after t=O. The models we consider next differ from Model lil in one 
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Fig. 9. Rheologies for upper crust, lower crust and mantle. Grey colored areas show 
strength ranges derived from rheological parameters in the literature. Solid lines indicate 
the rheologies used in most of the models of this Chapter. Dashed lines show rheologies 
used in Models U2, U3 and U4 (see text for further explanation). 

single parameter only. Table 3 shows in which parameter the models are different 
from Model VI. 

Composition 

Figure 9 shows that experimental flow laws for upper crustal, lower crustal and 
mantle materials predict orders of magnitude differences in strain rate for different 
rocks. It is clear that the rheologies we adopted in Model VI (thick lines in Figure 
9) are relatively weak. In this section we investigate the influence of selecting 
more viscous materials on the style of extension (dashed lines in the Figure). 

[Model u21 In Model V2 we retain the parameter settings of Model VI, with the 
exception of the upper crustal rheology, for which we select dry quartzite 
(Qpl = 184.1 kJ/mole, Api =2. 20· 10....22 Pa-2.

8 
. S-l, npl =2.8) (Jaoul et al., 1984). 

The results (Figure 10) show that extension of the lithosphere occurs at a slower 
rate than in Model VI. Obviously, the higher strength of the upper crust relative to 
that of Model VI decreases the extension rate. A comparison of the strain at 6 Ma 
with the strain in Model VI, shows that the style of extension is basically identical, 
Le. asymmetric extension occurs predominantly along a localized zone which dips 
from the RCL under the TCL. Asymmetric deformation in the lower crust and 
mantle will therefore link up with the free surface, irrespective of the upper crustal 
rheology. This result is in agreement with the conceptual model of Figure 8, in 
which the strength of the upper crust does not playa relevant role. 
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Fig. 10. Evolution ofstrong upper crust Model U2. 

]Model u31 The next model, Model U3, differs from Model VI in that the viscosity 
of the lower crust is higher. Lower crustal rocks are assumed to have a Pikwitonei 
granulite rheology (Qpl =445 kJ/mole, Api =7.68' 10-21 Pa-4·2. S-l, npl =4. 2) 
(WIlks and Carter, 1990). 

Figure 11 shows the evolution of the model lithosphere. Compared to Model 
VI, the model evolves significantly slower. Shear in the transition zone lower crust 
is negligible. After 25 Ma, the TCL has heated to induce a sufficient viscosity drop 
and an increase in the extension rate. It is interesting to note that the relatively 
weak: upper crust in the transition zone takes on the role the lower crust had in 
Model VI; sinistral shear deformation along the sloping upper-lower crust interface 
occurs in order to flatten out the Moho. After 28 Ma, deformation in the upper crust 
has linked up with the lower crust. Deformation in the TCL mantle is rather homo
geneous, and consequently, a lithosphere scale fault will not develop. Referring to 
our conceptual model in Figure 8, this result is not unexpected; we already noted 
that the weak lower crust plays a fundamental role in our uniform pre-stress model 
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for asymmetric extension. 
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Fig. 11. Evolution ofstrong lower crust Model U3. 

IModel u41 The influence of mantle rheology is investigated in Model U4. Again, 
all parameters are identical to Model Ul, except that a dry olivine flow law is 
adopted in the mantle (Qpl =510 kJ/mole, Api =7' 10-14 Pa-3 

. s-1, npl =3) (Kirby, 
1983). 

The results (Figure 12) show that the evolution of the extending lithosphere is 
slower than in Model Ul. The high strength of the mantle at first inhibits signifi
cant extension of the TeL. After 15 Ma, however, the lower TCL mantle has heated 
sufficiently (T > 900°C) to cause a drop in viscosities below 1021 Pa' s. The com
bined effect of in-plane tensile stresses resulting from the end load and buoyancy 
forces associated with thermal expansion of the lower TCL mantle cause thinning 
and uplift of the lower mantle. Lateral heat conduction warms the TCL mantle of 
the transition zone more rapidly than the mantle beneath the TCL and cools the 
RCL side of the transition zone. Consequently, preferential rising and sinking of 
the transition zone mantle occurs, causing an indentation next to a bulge in the 
mantle. The sharpness of the indentation of the lower boundary at 20 Ma is an 
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artefact of the numerical procedure. As a result of fluid flow processes which start 
occurring near the model bottom at 20 Ma, our finite element approach gives inac
curate results and was therefore stopped. Vp to 20 Ma, the style of deformation is 
markedly different from the style of extension of Model VI, as the strong mantle 
inhibits straightening out of the Moho and shear deformation in the lower C11lst 
does not occur. The results of Model V4 indicate that an increase of the mantle 
strength decreases the tendency to lithosphere scale asymmetric deformation, in ac~ 

cordance with the conceptual model of Figure 8. 
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Fig. 12. Evolution ofstrong mantle Model U4. 

Geotherm 

The pre-thickening steady state geotherm in Model VI was calculated for a sur
face heat flow of 60 mW/m2. In this section we investigate the influence of the ini
tial geothermal gradient on the style of extension. 
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Fig. 13. Evolution ofcold lithosphere Model US. 

)Model usl Before thickening, Model U5 has a steady state geotherm with a sur
face heat flow of 50 mW/m2

• This model represents a rather unusual situation, in 
which the geothermal gradient prior to mountain building is colder than average (ll:l 
60 mW/m2

). The thickness of the lithosphere in our models is defined by the depth 
at which the TeL viscosity drops to the lower limit that can be handled by our fi
nite element code at a specific time step size (c.f. Appendix of chapter 3), with a 
minimum of loo km. The lithospheric thickness is therefore, via the exponential 
dependence of viscosities on temperature, a function of the initial geotherm. As a 
result, Model U5lithosphere is thicker 030 km) than in Model VI 00.5 kID). Like 
in Model VI, the in-plane tensile force at t=O is 50 MFa, uniformly distributed 
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Fig. 14. Stratigraphy ofcold lithosphere Model US ofmaterial eroded between 0 and 4 Ma, 
between 4 and 8 Ma, between 8 and 12 Ma, between 12 and 16 Ma and between 16 and 20 
Ma. (a) After 12 Ma. (b) After 16 Ma. (c) After 20 Ma. 

over the lithospheric thickness. 
Figure 13 shows the evolution of the cold lithosphere model. Compared to Mod

el VI, Model V5 evolves slower. Significant deformation starts occurring 16 Ma 
after the collision phase has ended. Compared to Model VI, shear deformation in 
the lower crust is limited, and pure-shear-like thinning of the TCL side of the tran
sition zone becomes the dominant mode of deformation after 16 Ma The foreland 
basin is wider than in Model VI (Figure 14) as a result of the greater flexural 
strength of the colder lithosphere. Thinning of the lithosphere after 16 Ma is ex
pressed as a shift towards the model symmetry center of the basin depocenter. 

Differences between Model V5 and Model VI can be understood in the light of 
their different viscosity structures. As a result of lower temperatures, Model V5 is 
stronger than Model VI and responds more slowly to an end load of the same mag
nitude. The tendency of the Moho to straighten out (c.f. Figure 8) is less in Model 
V5, which explains why there is less shear deformation between crust and mantle 
of the transition zone in this model. Therefore, the style of deformation is rather 
symmetric. The time required for the mantle to heat up to cause a sufficient reduc
tion in viscosities is about 16 Mil, after which thinning of the TeL side of the tran
sition zone commences. like in previous models, lateral heat conduction has 
warmed this particular part of the mantle faster. Therefore, thinning starts on the 
TCL side of the transition zone, which in turn increases the rate of heating of this 
region. 

!Model u61 In Model V6 we investigate the effect of a pre-thickening geothermal 
gradient which is higher than in Model UI. The surface heat flow initially is 70 
mW/m2

, and the lithosphere thickness is 100 kID. All other parameters are identical 
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Fig. 15. Evolution ofhot lithosphere Model U6. 

to Model VI. 
The hot lithosphere model evolves more rapidly than Model VI (Figure 15). M

ter 3 Ma only, the lithosphere has been stretched by a factor greater than 3 and, al
though our modeling does no longer produce accurate results at this time, it is clear 
that complete rifting and oceanization will follow. A zone of high shear deforma
tion evolves in the lower crust and in the TCL mantle which is wider than in Model 
VI. The overall style of deformation in Model V6 is clearly asymmetric. The sedi
ment deposition pattern (Figure 16) is similar to that of Model VI with the excep
tion that, as a result of higher extension rates, the basin is more sediment starved. 
In Model V6, the whole lower crust in the transition zone is sheared to attenuate 
the Moho topography, instead of the lower part of the lower crust only in Model 
VI. A higher geothermal gradient therefore not only increases the rate of extension 
at the same end load, but produces also wider dipping zones of elevated strain. 
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Fig. 16. Stratigraphy ofhot lithosphere Model U6 of material eroded between 0 and 1 Ma, 
between 1 and 1.5 Ma and between 1.5 and 2 Ma. (a) After 1 Ma. (b) After 1.5 Ma. (c) 
After2Ma. 
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Fig. 17. Temperatures at t =0 ofModel U7, in which the duration ofmountain building is 5 
Ma. 

Variations in syn-thickening parameters 

Finite thickening period 

The results of the previous models are based on the assumption that thickening 
of the TeL occurred instantaneously. or at least on a timescale which is short com
pared to the time required for significant thermal diffusion. We also assumed that 
complete isostatic compensation had occurred within this short timespan. These 
assumptions are rather unrealistic. and in this sub-section we will investigate the ef
fect of a thickening period of finite duration on the subsequent style of extension. 
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Fig. 18. Evolution of5 Ma thickening Model U7. 

IModel U7] In Model U7 we investigate the influence of a finite thickening peri
od of 5 Ma. For a mountain belt of 50 km half-width, this is equivalent to a relative 
horizontal velocity of 2 crn/yr, which is relatively slow. Apart from its initial ther
mal field, Model V7 is identical to Model VI. Figure 17 displays the geotherms at 
t=O, when thickening ends and extension starts. The initial thermal field was cal
culated by solving the heat equation on a finite element grid with prescribed nodal 
velocities. 

The evolution of the deforming lithosphere (Figure 18) is similar to the evolution 
of Model VI. The strain increases more rapidly than in Model VI as a result of 
lower initial viscosities in and near the transition zone. The overall style of exten
sion after 4 Ma closely resembles the extensional style after 5 Ma in Model VI. 
Vpper crustal deformation beneath the foreland basin after 5 Ma is partially con
trolled by sediment loading, and a detachment system develops which soles out on
to the upper-lower crust interface. 
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Fig. 19. Temperatures at t=O of Model US, in which the duration of mountain building is 
20Ma. 
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Fig. 20. Evolution 0/20 Ma thickening Model UB. 
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IModel u81 Continental thickening may result from a sequence of tectonic pulses 
or, equivalently, the thermal field in the part of the lithosphere that was thickened to 

the TCL may not have been in steady state prior to thickening. The next model, 
Model VB, is designed to model these scenarios and extension starts after a 20 Ma 
thickening period. The thermal field at the end of the thickening phase is shown in 
Figure 19. 

Figure 20 shows the post-thickening evolution of the extending lithosphere. The 
rate of overall extension is significantly greater than in Model VI. The style of de
formation is not very much different from Model VI in the initial stages of exten
sion, when shear in the lower crust prevails. Potentially important to the surface 
geology is a stronger tendency for shear deformation in the deep upper crust of the 
transition zone, which would be observed as a normal fault which flattens out on 
the upper-lower crust interface. Mter 3 Ma, deformation in the TCL lower crust 
and mantle becomes more uniform and symmetric than in Model V 1. Lateral vis
cosity variations in the transition zone mantle are less pronounced than in Model 
VI and, as a result, thinning occurs in a broader mantle region. We conclude that 
the duration of the thickening period is not critical to the style of extension, but that 
an increase of the duration of collision does decrease the tendency to asymmetric 
extension. 
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Fig. 21. Geotherms in uniform thickening Model U9 at t=Oand t=7 Ma. 
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Fig. 22. Evolution ofuniform thickening Model U9. 

Thickening geometry 

IModel u91 In order to model tectonic thickening processes, in which overtbrust
ing of crustal nappes is the predominant cause of mountain building, we choose to 
select crustal and mantle thickening factors of p~l =2 and p;,/ = 1 in Model Vi. In 
Model V9 we investigate how strongly this assumption affects the post-thickening 
style of extension by selecting uniform thickening of crust and mantle by a factor 
of 2. Recall that the TCL mantle below the depth of the RCL lower boundary is 
not actually modeled, and the initial model geometry is identical to Model Vi. The 
initial geotherm in the TCL (Figure 21a) is, however, clearly distinct from that of 
Model VI. To incorporate the thermal effects of the TCL mantle below the flat low
er model boundary, the heat flow b.c. acting on the flat lower model boundary is 
lower by a factor 2 in Model V9. 

Figure 22 shows the finite element grid and effective strain at 6 Ma. 7 Ma and 8 
Ma after extension has started. Compared to Model VI, the transition zone and the 
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TCL initially is more viscous and deformation in the mantle proceeds more slowly. 
Through the heat flow b.c., the cold mantle below the modeled TCL has a strong 
impact on the rate of heating of the TCL mantle. It is apparent from Figure 21b 
that the relative imponance of horizontal heat conduction from the RCL to the tran
sition zone and TCL is great compared to vertical heat conduction. A significant 
drop in viscosities therefore only occurs in the transition zone, where thinning lo
calizes after 6 Ma. No deformation occurs in the TCL mantle and, as a result, shear 
deformation and localization is confined to upper and lower crustal layers of the 
transition zone. The cold TCL mantle effectively blocks asymmetric extension. 
Referring to Figure 8, this results confirms that (preferential) thinning of the TeL 
mantle is an essential ingredient for initiating asymmetric extension of the scale of 
the whole lithosphere. 

MODELUlO 
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Fig. 23. Evolution o/wide transition zone Model UlO. 

IModel ulOf Since the slope of the Moho appears to be a key element in the con
ceptual model in Figure 8, the imponance of establishing the dependence of the 
style of extension on the width of the transition zone is apparent. In the next mod
el, Model VIO, we consider the influence of the width of the transition zone on the 
style of extension. Model VIO has a 50 km wide transition zone, i.e. twice the 
width of Model VI. 
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Figure 23 shows the evolution of the finite element grid and effective strain. The 
shear zone in the lower crust again develops and links up with the free surface and 
mantle zone of preferential thinning and uplift. At 7 Ma, the lower mantle con
nects offset zones of thinning in the mantle and upper crust and a lithosphere scale 
asymmetric zone has developed. Sediment loading of the foreland basin appears to 
influence the breakthrough of lower crustal deformation to the free surface. Sedi
mentary loads amplify normal sense of shear deformation along the fault dipping 
under the TeL. It is clear that the width of the transition zone does not significant
ly influence the mode of extension. 

Variations in post-thickening parameters 

Gravitational collapse 

IModel unl Post-thickening extension is to a large extent controlled by the tim
ing and magnitude of the in-plane end load. In Model VI, the compressive end load 
which was responsible for the mountain building phase, switched to a tensile load 
equivalent to 50 MPa at t = O. In Model UII we investigate the response of the 
lithosphere when the in-plane compressive force is set to zero at t =O. This gravita
tional collapse model is similar to Modell of chapter 5, with the exception of sedi
ment loads, which are included in Model VII and were not in Modell of chapter 
5. 
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Fig. 24. Grid and effective strain after 30 Ma in gravity collapse Model Wi. 

Figure 24 shows the finite element grid and effective strain at 30 Ma after thick
ening has ended. The results confirm the conclusion from chapter 5 that gravita
tional collapse does not lead to asymmetric extension. The effect of sediment trans
port produces a marked difference in the amount of extension, however. In Model 
I of chapter 5, the model calculations stopped at 22 Ma, when thinning of the TCL 
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became very large. In Model Vll virtually no extension occurs. Erosion of the 
TCL produces compressive stresses in the TCL which balance tensile pre-stresses 
in Model VII. The depth of the foreland basin after 30 Ma is nearly 5 km, and the 
weight of sediment load depresses the RCL side of the transition zone. Including 
the effects of sediment transport in this case has a strong influence on the deforma
tion of the lithosphere. 

I 1200°C 

o Fig. 25. Temperatures after 20 Ma in 
delayed pull Model U12. 
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Delayed in-plane end load 

IModel U121 In Model V12, an in-plane force equivalent to 50 MPa starts acting 
20 Ma after thickening has ended. In the intermediate period, the in-plane load is 
zero. Comparing the thermal field after 20 Ma (Figure 25) with the temperatures of 
the Model UB (Figure 19), we see that the TCL of Model U12 is hotter and 
geotherms are smoother. This difference in thermal field is caused by the fact that 
Model V12 results from instantaneous thickening and subsequent thermal re
equilibration, whereas the initial temperatures in Model UB are a consequence of a 
20 Ma thickening period. Therefore, the TCL of Model V12 has been exposed to a 
thickened crust for a longer period than Model UB. As a result of the fact that most 
of the heat producing radioactive elements reside in the crust, Model U12 has been 
heated more after 20 Ma than Model UB. 

Figure 26 shows the finite element grid and effective strain after 20 and 21 Ma. 
After 21 Ma, the effective strain rate at the model symmetry center is 2· 10-14 s-1 

and accelerates rapidly. The style of extension is pure shear. Differences between 
the results of Model V12 and Model VB are mainly caused by distinctions in the 
thermal field at the onset of extension. Shear in the lower crust does occur, but 
does not link: up into a lithosphere scale asymmetric wne. Compared to Model VI, 
the result of delayed pull is that the style of extension is more rapid and more sym
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Fig. 26. Evolution ofdelayed pull Model U12. 

metric. In accordance with the cartoon of Figure 8, lateral variation of TCL mantle 
viscosities are a requisite for lithosphere scale asymmetric extension to develop. 

End load magnitude 

]Model u131 Model Vl3 is again identical to Model VI, with exception of the in
plane end load, which is twice as large in magnitude. 

It should not come as a surprise that Model Vl3 extends more rapid than Model 
1 (Figure 27). Shear deformation in the lower and upper crust evolves into a dip
ping zone which accommodates asymmetric extension. In the mantle, strains indi
cate that the broad conjugate zone, which dips from the TCL under the RCL, is 
more active than the system parallel to the dipping lower crust. After 1.5 Ma, strain 
rates in the mantle (not shown in the Figure) are rather homogeneous. An increase 
in the end load magnitude appears to decrease the tendency to lithosphere scale 
asymmetric deformation. Referring to Figure 8, more uniform mantle deformation 
can be understood as a result of a lack of time for lateral heat transfer and lateral 
viscosity contrasts to develop. 

At this point we refer to the discussion and conclusions section at the end of this 
chapter for a summary of the results of the uniform pre-stress models. 
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Fig. 27. Evolution of Model Ul3, in which the in-plane end load is twice as large as in 
Model Ul. 

NON-UNIFORM PRE-SlRESS MODELS 

ModelNl 

IModel Nil The basic canvas in the second part of this chapter is identical to the 
tectonic history we considered before. The left part of a RCL, which initially is in 
thermal equilibrium, is instantaneously thickened by a factor 2 in the crust. The 
TCL mantle is passively pushed down, without thickening. The TCL is in local iso
static equilibrium. The difference with respect to the previous part is that we now 
assume that residual stresses are a function of depth. At t = 0 the mountain build
ing phase ends and extension commences as a response to an in-plane tensile load. 

The first model, Model N1, is identical to Model UI, with exception of the pre
stress distribution. Figure 28 shows the evolution of the extending lithosphere and 
effective strains at subsequent timesteps. As a result of high tensile pre-stresses in 
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Fig. 28. Evolution of non
uniform pre-stress Model Nl. 
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the TCL ernst, ernstal attenuation and extension is more rapid in Model Nl than in 
Model VI. This result is in accordance with the findings from Model 4 of chapter 
5. Compared to Model VI, the style of extension in Model Nl is very different. In 
Model Nl, strain localizes in a zone which dips from the TeL to the RCL, Le. dip
ping in a direction opposite to the direction in which lithosphere scale shear zones 
developed in the uniform pre-stress models. A closer look at the deformed grid in 
Figure 28 shows that the sense of shear in the upper ernst and most of the lower 
crust is dextral normal. The TCL side of the transition zone mantle also shows evi
dence of dextral shear deformation. In the lower crust of the transition zone near 
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the Moho, sinistral normal shear occurs on the conjugate branch. 
To understand the reason for the different style of extension we refer to the lower 

right panel of Figure 4, in which the effective strain at 5 Ma of Model VI is dis
played. The high strain zone dipping from the RCL under the TCL clearly has de
veloped preferentially, but it is interesting to notice that the conjugate system, 
which dips from the TCL under the RCL, is present too. It was already noted in 
chapter 5 that conjugate systems develop as a result of the tendency of the litho
sphere to conserve moment. Deformation with a normal sense of shear on either 
conjugate fault system has the effect of attenuating the topography of the Moho. 
Referring to the bottom panel of Figure 8, preferential thinning of the TCL mantle 
near the transition zone provided the extra moment which was necessary for a 
lithosphere scale normal fault to develop in the uniform pre-stress models. In the 
non-uniform pre-stress approach, a net moment is exerted which is opposite to the 
moment induced by the lower crustal shear in the transition zone (Figure 29). De
velopment of the fault dipping under the TCL is therefore impeded, and the conju
gate fault system develops preferentially, at least in the upper crust and most of the 
lower crust. 

Fig. 29. The effect of a non-uniform pre
stress distribution is that a net moment is 
exerted, acting clockwise on the right 
hand side and anti-clockwise on the left 
hand side of the TeL. 

Thusfar, model studies on post-thickening extension have adopted a uniform pre
stress assumption (England and McKenzie, 1982; Houseman and England, 1986; 
Sonder et al., 1987; Braun and Beaumont, 1989b). Notably, Braun and Beaumont 
(l989b) investigated plane strain models of cross-sections of continental mountain 
belts, like we do. The focus of their work was more on overall rates of extension in 
relation to the mountain building process than on the style of internal deformation 
of the lithosphere. Since the rate of extension is also significantly affected by the 
pre-stress distribution, the time constants they derive should be looked upon with 
care. This argument obviously is also important to plan view models of the litho
sphere, in which the properties of the lithosphere are approximated by their vertical 
averages. 

In the remaining part of this chapter we present the same type of investigation of 
pre-, syn-, and post-thickening parameters as we did for the uniform pre-stress 
models. 
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Variations in pre-thickening parameters 

Composition 

lAiodel N21 Model N2 has a a Microgabbro rheology in the lower crust 
(Qpr =497 kllmole, Api = 1.12· 10-10 Pa-3

.4. S-I, npl =3.4) (Wllks and Carter, 
1990), and is notably more viscous than model N1. All other parameters of Model 
N 1 and Model N2 are identical. 

Figure 30 shows the evolution of the lithosphere model and effective strain. At 6 
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Fig. 31. Stratigraphy of strong lower crust Model N2 ofmaterial eroded between 0 and 2 
Ma, between 2 and 4 Ma, between 4 and 6 Ma, between 6 and 7 Ma, and between 7 and 8 
Ma. 

Fig. 32. Net surface uplift of the symmetry ~ 
center ofstrong lower crust Model N2. 
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Ma, strain in the upper crust and lower crust is localized in a band dipping from the 
TCL to the RCL. Although we do not model faults explicitly, it is considered like
ly that the surface geology is dominated by dextral normal faults which sole out in 
either the lower upper crust or into the lower crust. In the early stages of extension, 
the strong sub-Moho mantle of the TCL is hardly deformed. Heating of the sub
Moho mantle occurs preferentially near the Moho edge on the transition from TCL 
to the transition zone (c.f. Figure 5a). Driven by the thermally induced drop in vis
cosities, the mantle in this region starts thinning after 6 Ma. The sense of shear in 
the TCL mantle is dextral with a reverse vertical component. Deformation therefore 
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Fig. 33. Evolution ofstrong upper crust Model N3. 

has evolved in an asymmetric fashion after 9 Ma. Effectively, this results in an 
asymmetric deformation pattern characterized by a large discrepant zone. The on
set of deformation in the TCL mantle is expressed in the sedimentation pattern 
(Figure 31). After 6 Ma a foreland basin has evolved with a sediment thickness of 
approximately 1.5 lan. The onset of mantle thinning is accompanied by a jump to
wards the model symmetry center of the thinning, which is evident from the sedi
ment starved basin evolving after 6 Ma. An interesting feature is the net surface 
uplift, Le. the uplift of rocks minus the thickness of eroded material. Figure 32 
shows the net surface uplift of the symmetry center as a function of time. In the 
first 2 Ma following collision, the symmetry center surface is uplifted as a conse
quence of redistribution of surface loads associated with erosion and sedimentation. 
Crustal thinning results in subsidence of the surface at x = O. After 6 Ma, with the 
onset of mantle thinning, the locus of thinning jumps towards the symmetry center. 
Subsidence as a result of thinning occurs within the TeL region, thereby steepen
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Fig. 34. EvoLution ofstrong mantLe ModeL N4. 

ing the swface near the symmetry center and increasing the erosion and sedimenta
tion rate. Erosion leads to repeated uplift; after 8 Ma, the net surface uplift rate of 
the symmetry center is 1 mm/yr. 

Compared to Model Nl, the strong lower crust Model N2 deforms more slowly. 
The effect of the weak lower crust in Model Nl is that more dextral shear deforma
tion is accommodated in the crust and consequently, the style of deformation in the 
mantle is more symmetric than in Model N2. As stated before, the natural mode of 
deformation of continental lithosphere is pure shear. Since it is our aim to study 
causes for large scale asymmetric behavior we will use Model N2 as a reference for 
the non-uniform pre-stress models we present in the second part of this chapter. 

!Model N31 The next model, Model N3, is identical to Model N2, except for the 
rheology of the upper crust, for which we use dry quartzite (Qpl = 184.1 kllmole, 
Api =2. 20.10-22 Pa-2.8. s-l, npl =2. 8) (JaonI et al., 1984). 

The evolution of the lithosphere model is depicted in Figure 33. The main dif
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Fig. 35. Stratigraphy of strong mantle Model N4 of material eroded between 0 and 5 Ma, 
between 5 and 10 Ma, between 10 and 15 Ma, between 15 and 20 Ma, between 20 and 25 
Ma, and between 25 and 27 Ma. 

ference between Model N2 and Model N3 is a delay in the onset of extension. Lit
tle deformation occurs until, 12 Ma after thickening has ended, heating has induced 
a drop in transition zone mantle viscosities and mantle thinning commences. Rela
tive to Model N2, shear deformation in the upper crust is limited, and the crust re
sponds more like a single unit. The tendency of upper crustal faults to sole out into 
the upper-lower crust interface is therefore clearly less prominent in Model N3. 
The locus of dextral shear deformation is shifted to the relatively weak TeL 
mantle, in which a reverse dextral shear zone evolves after 14 Ma. The overall 
style of deformation is not very different from the style of Model N2. 

IModel N41 The influence of mantle rheology is investigated in Model N4. Again, 
all parameters are identical to Model N2, except that a dry olivine flow law is 
adopted in the mantle (Qpl =510 kllmole, Api =7.10-14 Pa-3 

• S-l, npl =3) (Kirby, 
1983). 

The evolution of the viscous mantle Model N4 is shown in Figure 34. Apart 
from creating a wide basin (Figure 35), which reflects the high flexural strength of 
the system, virtually nothing happens in the first 20 Ma after thickening has ended. 
The overall style of extension is not very different from the style of Model N2. The 
main difference as a result of a strong lithospheric mantle rheology is the delay be
fore extension stans. 



186 Chapter 6 

o 50 100 o 50 100 

distance [km] 

Fig. 36. Finite element grid and effective strain after 18 Ma in cold lithosphere model N5. 

Geotherm 

IModel N5f In Model N5 we investigate the effects of a colder pre-thickening 
steady state geotherm which produces a surface heat flow of 50 mW/m2 • 

Figure 36 shows the finite element grid and contours of effective strain after 18 
Ma. In the TCL, the horizontal deviatoric stress is compressive as a consequence 
of depth-dependent pre-stress. Preferential heating of the TCL mantle near the 
transition zone generates a local viscosity minimum, and a mantle drip is squeezed 
from the mantle after 18 Ma. The drip is gravitationally unstable since it is colder 
and therefore more dense than the asthenosphere below. Eventually, the droplet 
will detach from the lithosphere and sink. Unfortunately, our finite element ap
proach does not allow us to accurately track the evolution of the lower boundary af
ter 18 Ma. We can therefore draw no conclusions about the style of extension at 
relatively low thermal gradients. A different approach to the numerical problem is 
required to resolve if shedding of lithospheric drips controls the evolution of rela
tively cold lithosphere, or if these are merely transient processes which have a mi
nor impact on the evolution of the lithosphere as a whole. 

[Model N61 Compared to Model N2, the thermal field of Model N6 prior to thicken
ing is hotter. The heat flow in the thermally stable RCL is 70 mW/m2 

• 

Figure 37 shows that the lithosphere model extends readily as a result of the end 
load equivalent to 50 MPa. The upper and lower crust are effectively decoupled by 
low viscosities in the deep upper crust. As a result. the upper crust is sheared over 
the lower crust. Normal faults developing in the upper crust will therefore not pene
trate the lower crust. Lateral viscosity contrasts are small in the mantle, and mantle 
deformation is well described by pure shear. The style of deformation in litho
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Fig. 37. Evolution ofhot lithosphere Model N6. 

sphere with a higher initial gradient is asymmetric in the ernst and symmetric in the 
mantle below it. 

Varilltions in syn-thickening parameters 

Finite thickening period 

[Model N7I The TCL of Model N7 results from isostatic thickening of RCL dur
ing a period of 5 Ma. Figure 38 shows the evolution of the grid and strain following 
mountain building. The onset of mantle thinning occurs slightly sooner than in 
Model N2. The final defonnation in the mantle is more symmetric than in Model 
N2. which is a result of the smoother initial temperature field. 

IModel N8/ In Model N8. we investigate the style of extension after a 20 Ma thick
ening period. As a result of lower viscosities. the lithosphere model deforms more 
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Fig. 38. Evolution of5 Ma thickening Model N7. 

rapidly than Models N2 and N7 (Figure 39). Strain contours are broader and 
smoother than in Model N2 and deformation in the mantle is more symmetric. 
Crustal asymmetric extension is insensitive to the duration of thickening. The style 
of extension in the mantle becomes more homogeneous with the duration of the 
collision phase. The results after 8 Ma resemble the kinematic model for continen
tal extension proposed by Kusznir and Mathews (1988) and Lister and Davis 
(1989), in which a crust deforming by simple shear overlies a mantle deforming by 
pure shear. 

Thickening geometry 

~odel N9[ The influence of uniform p~l = p~l = 2 thickening on the style of 
post-thickening extension is investigated in Model N9. Figure 40 shows the litho
sphere model and contours of effective strain after 7 Ma. A drip-like feature has 
evolved in the lower boundary of the transition zone. Like in Model N5, destabi
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Fig. 39. Evolution 0/20 Ma thickening Model NB. 
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Fig. 40. Grid and effective strain 0/uniform thickening Model N9 after 7 Ma. 
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lization of the lower boundary forces us to stop the model. 

!Model N10I In our reference model, the width of the transition zone between the 
RCL and the TCL was 25 kIn. To investigate the influence of this assumption, we 
consider a model in which the transition zone width is 50 kIn. 

The results of this model, Model NlO, are displayed in Figure 41. Compared to 
Model N2, an interesting difference occurs in the timing of the onset of significant 
extension; as a result of the wider transition zone, horizontal temperature gradients 
are smaller. Heating of the TCL mantle directly beneath the Moho is therefore 
slower and onset of extension is delayed by 4 Ma As a consequence of smaller lat
eral viscosity gradients, the style of mantle extension is more symmetric in Model 
N10 than in Model N2. 
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Fig. 41. Evolution ofwide transition zone Model N10. 
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Fig. 42. Evolution ofgravity collapse Model Nll. 

Variations in post-thickening parameters 

Gravitational collapse 

!Model Nlli In Model Nll we investigate the response of the model lithosphere 
to pre-stresses alone, Le. the in-plane end load which thickened the lithosphere is 
removed at t=O. 

The model results (Figure 42) show that lithosphere hardly deforms until, after 
18 Ma, a mantle drop has developed and the model is halted. Aided by a thermally 
induced decrease in viscosities, compressive pre-stresses in the TeL lower mantle 
squeeze out a droplet. In the first 18 Ma, near surface horizontal strain rates vary 
between 10-15 s-1 and 10-16 s-1. 
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Fig. 43. Evolution ofdelayed pull Model NI2. 

Delayed in-plane end load 

IModel N12[ In Model N12, the in-plane end load. equivalent to 50 MPa, starts 
acting on the lithosphere model from 15 Ma onward. 

Up to 15 Ma, the evolution of the model is identical to Model NIl, Le. a mantle 
drip has started to develop. Figure 43 displays the model evolution after application 
of the in-plane force. The rate of extension after 15 Ma is higher than in Model 
N2. Thermal reequilibration has heated the TCL at the onset of extension and the 
style of extension in the mantle is more symmetric than in model N2. 

End load magnitude 

Wadel N13[ With the last model of this chapter, Model N13, we investigate the 
influence of the end load magnitude on the style of extension. The in-plane force is 
10.5' 1012 N/m, which is equivalent to 100 MPa uniformly distributed over the 
lithospheric thickness. 

The lithosphere extends more than twice as fast as Model N2 (Figure 44). Dex
tral strain in the upper crust, lower crust and mantle links up into a lithosphere 
scale fault dipping from the TCL under the RCL. 
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Fig. 44. Evolution of Model N13, in which the in-plane end load is twice as large as in 
ModelN2. 

CONo..USIONS 

In the first part of this chapter we consider models of thickened continental litho
sphere in which pre-stresses are distributed uniformly with depth. The conceptual 
model of Figure 8 indicates the most important mechanisms controlling the style of 
extension in this case. Within the framework of uniform pre-stress models, a litho
sphere scale "fault" dipping from the RCL under the TCL develops, provided that 
(I) the lower crust and mantle have weak rheologies. (2) the pre-thickening temper
ature field is not colder than a steady state geotherm with a surface heat flow of 60 
mW/m2 • (3) mountain building results from thickening of the crust alone. (4) a ten
sile in-plane force starts acting on the thickened lithosphere shortly after thickening 
has ended. An increase in the duration of the thickening phase may affect the style 
of extension through the deformation in especially the upper crust. where develop
ment is promoted of sinistral faults which sole out onto the upper-lower crust inter
face. In this case. the overall style of extension remains asymmetric. but strain is 
no longer localized along a single dipping zone. 

The results from the models with a depth-dependent pre-stress distribution are 
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remarkably different from the uniform pre-stress results. The extension rate is high
er than in the uniform pre-stress models and the style of deformation is different. 
As a result of the moment which is exerted by a non-uniform thickening pre-stress, 
deformation is localized along a fault zone which dips from the TCL beneath the 
RCL. In most cases, this fault zone will not cut the whole lithosphere but will sole 
out into the upper or lower crust. Deformation in the mantle can be asymmetric 
with a shear zone dipping from the Moho of the transition zone under the TCL. A 
higher initial temperature gradient, an increase in the duration of the mountain 
building phase or a delay between the end of thickening and the moment when the 
in-plane force is applied, will result in more symmetric mantle thinning. A litho
sphere cutting fault system is predicted to evolve only in the last model, Model 
N13. 

A noteworthy feature of most of the non-uniform pre-stress models is that they 
predict a distinct jump in the locus of extension. In contrast, the uniform pre-stress 
models predict a smooth inward shift of the basin depocenter. In principle, sedi
mentary data could therefore be used to discriminate between uniform and non
uniform pre-stress models. 
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Chapter 7 

Conditions controlling the style of extension after mantle de
lamination 

In chapter 5 of this thesis it was concluded that continental thickening, with or 
without delamination of the mantle of the thickened lithosphere, may lead to asym
metric extension on the scale of the lithosphere. In chapter 6 we discussed. the con
ditions which affect the style of extension following continental thickening. Exten
sion following continental thickening and mantle delamination will be the subject 
of the present chapter. In contrast to other possible causes for asymmetric exten
sion which have been discussed in this thesis, delamination of continental mantle is 
a hypothetical mechanism. In this chapter, we will assume that delamination of 
continental mantle occurs to investigate its consequences on the style of extension. 

INIRODUCIlON 

McKenzie (1978) proposed that (parts of) the lithospheric mantle may detach 
from continental lithosphere and sink into the less dense asthenosphere below. In 
McKenzie's view, the cold root of a thickened lithosphere was the most viable can
didate for delamination. Based on numerical convection experiments, Houseman et 
al. (1981) found evidence in support of this hypothesis and, although no observa
tions have unequivocally established that mantle delamination actually occurs, this 
mechanism has been put forward by various authors to explain observations of 
rapid uplift and rapid heating. For the Basin and Range Province, mantle delami
nation following thickening was put forward by Sonder et al. (1987) to explain the 
onset of extension after the Laramide orogeny. Surface observations in the Tibetan 
Plateau indicate that the upper crust is in a state of tension. England and House
man (1989) note that their thin sheet models of the TIbetan Plateau fail to match 
this observation and conclude, therefore, that mantle delamination should have oc
curred. Obviously, by neglecting the possible depth-variation of thickening pre
stresses -which is implicit in their method since it treats the continental lithosphere 
by vertical averages-, England and Houseman (1989) disregard the consequence of 
their approach that it does not predict the evolution of the free surface. Instead. the 
results of a thin sheet model indicate how some curved reference surface at depth 
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evolves with time. The discrepancy between their previous model results and sur
face observations should, therefore, not be used as an argument for mantle delami
nation. The radial pattern of deformation and P-T-t data in the Betic Cordillera 
lead Platt and Vissers (1989) to hypothesize that mantle delamination has occurred 
beneath the Alboran Sea. 

The proposed relation between delamination and the onset of asymmetric exten
sion in the Basin and Range Province and the Alboran Sea, led us to investigate the 
style of extension after mantle delamination in chapter 5 of this thesis. It was con
cluded that lithosphere cutting faults may initiate if residual stresses from thicken
ing are distributed uniformly with depth in the thickened continental lithosphere 
and if delamination occurs at the end of an orogenic period. In this chapter we pre
sent a systematic investigation of the conditions which control the onset of asym
metric extension after mantle delamination. The end of continental thickening can 
either signify that in-plane compressive forces are balanced by gravitational spread
ing forces or that a "drop" occurs in the magnitude of in-plane compressive forces. 
Since it was concluded in chapter 5 that delamination does not lead to asymmetric 
extension while a compressive in-plane load acts on the TCL, we focus on models 
in which delamination occurs at the end of the collision period. We investigate 
models in which the in-plane force drops to zero at the end of the thickening period 
(t = 0), and models in which the in-plane force is tensile from t = 0 onward. 

An important previous study of the style of extension following mantle delami
nation was done by Braun and Beaumont (1989b). Their approach is, however, dif
ferent from ours in that they consider the mechanical effects of mantle delamina
tion only, Le. they neglect the influence of replacement of the foundered and 
sunken mantle by hotter asthenospheric material. The models of Braun and Beau
mont (1989b) evolve therefore very slowly, Le. on timesca1es of 50 to 100 million 
years (Ma), whereas our models mostly evolve on timesca1es of a few Ma. The dis
tribution of residual stresses in the models of Braun and Beaumont (1989b) is as
sumed to be uniform with depth. In fact, most dynamic models in the contemporary 
literature, in which the effects of continental thickening are investigated, invoke a 
uniform pre-stress assumption (e.g., England and McKenzie, 1982; Houseman and 
England, 1986; Sonder et al., 1987; Braun and Beaumont, 1989b). Therefore, we 
consider it relevant to compare results obtained with a uniform pre-stress approach, 
with results from models in which the residual stresses from thickening are a func
tion of depth. 
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Fig. 1. The model for mantle delamination which is adopted in this chapter. The mantle of 
the thickened lithosphere detaches instantaneously at the end of the collision phase. The 
delaminated mantle sinks intothe asthenosphere and is mechanically completely uncoupled 
from the lithosphere. Hot asthenosphere material replaces the detached mantle, thus expos
ing the lower lithosphere boundary to a temperature of1350 °C. 

UNIFORM PRE-STRESS MODELS 

In the first pan of this chapter we consider models of continental thickening fol
lowed by delamination, in which residual stresses from the thickening phase are 
uniformly distributed with depth. Initial conditions and boundary conditions (he.) 
are identical to the initial and boundary conditions in the models of chapter 6, ex
cept for the boundary conditions related to detachment. We do not specifically 
model the detachment process and we assume that a part of the TCL mantle detach
es from the overlying lithosphere (Figure 1). In our models, delamination removes 
that part of the TCL mantle which was depressed below the depth of the lower 
boundary of the reference continental lithosphere (RCL). It is assumed that, me
chanically, the detached mantle is instantaneously and completely uncoupled from 
the TCL. The magnitude of isostatic rebound forces which result from delamina
tion depend on the initial geothermal gradient, through the temperature dependence 
of the density. Flow of asthenospheric material immediately replaces the 
foundered lithospheric mantle. Thus, the lower boundary is instantaneously ex
posed to asthenospheric mantle temperatures. For reasons of consistency, a tem
perature b.c. is applied to the complete lower boundary of the model; beneath the 
TeL the temperature is 1350 °C, beneath the RCL the lower boundary temperature 
is 1148 °C in the models with an initial surface heat flow of 60 mW/m2• We as
sume a linear variation of the temperature at the lower boundary of the transition 
zone. 

Uniform pre-stress Model Udl 

IModel Udll Parameter settings in Model Udl are identical to Model Ul of chap
ter 6 (Model 6.Ul 1). We refer to tables 6.1 and 6.2 for the relevant parameter val
ues. Model lidl is identical to Model 5.8, with the exception of the effects due 
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Table 1. Uniform re-stress models which are discussed in this cha ter. 
Udl Rheology: low-viscosity upper ernst, lower ernst and mantle. 

Geothermal gradient: qo =60 mW1m2 
. 

Thickening: instantaneous at t=O, p~1=2, p;.l=l. Transition zone width 25 km. 
Delamination: instantaneous at t = O. 
Inplane tensile force: applied immediately after thickening, equivalent to a uni
form 50 MPa inplane stress. Subsequent models are identical to this model, 
except for the indicated deviation. 

Ud2 Strong upper ernst model. 
Ud3 Viscous lower crust model. 
Ud4 Strong mantle model. 
UdS Cold initial geotherm model. 
Ud6 Hot initial geotherm model. 
Ud7 Duration of thickening period 5 Ma. 
Ud8 Duration of thickening period 20 Ma. 
Ud9 Uniform thickening model. 
UdlO Wide transition zone model. 
Udlla Gravity collapse model with pre-thickening steady state geotherm with surface 

heat flow of 60 mW/m2
• 

Udllb Gravity collapse model with pre-thickening steady state geotherm with surface 
heat flow of 50 mW1m2

• 

Udllc Gravity collapse model with pre-thickening steady state geotherm with surface 
heat flow of70mW/m2

• 

Ul2 Twice in lane force m ·tude. 

erosion and sedimentation, which are included in Model Udl. 
The geometry and thermal structure of Model Udl -and of all other models we 

consider in this chapter- is the result of a four-stage evolution; (1) a pre-thickening 
period, (2) a syn-thickening period, (3) a delamination period and (4) a post
thickening/post-delamination period. Before thickening, the composition of the 
crnst and mantle is defined. The initial geothermal gradient is in steady state every
where in the model. Before thickening, therefore, the complete model is a RCL. In 
the thickening period, a 100 km wide mountain belt is built by instantaneous and 
uniform thickening of the ernst near the symmetry center. The width of the transi
tion zone between TCL and RCL is 25 km. The RCL (initially) is unaffected by the 
thickening event. In the third phase, partial delamination of the TCL mantle occurs 
instantaneously. At t =0, Le. after delamination has occurred, the compressive in
plane load which acted on the model lithosphere during the thickening and delami

1.	 In this chapter, figures, tables and model names from other chapters will be referred to as 
"ChapterNo.FigureNo", "ChapterNo.TableNo" and "ChapterNo.ModelNo" respectively. For 
example, Figure 3.2 is Figure 2 from chapter 3 of this thesis. 



Style ofextension after mantle delamination 201 

Fig. 2. Evolution of Model 
UdJ. In this model, pre-stresses 

<:> are uniformly distributed with 
depth. The left column shows 
the finite element grid, the right 

~ column contours of effective 
strain. 
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nation phases, either drops to zero or becomes tensile. 
Figure 2 shows the evolution of the model lithosphere and contours of effective 

strain (see definition in chapter 5 of this thesis). Compared to Model 5.8, Model 
Udl evolves slower. The clockwise moment, which is exerted on Model Udl as a 
result of erosion and sedimentation, decreases the rate of extension but does not 
completely hinder extension along the zone dipping from the RCL underneath the 
TCL. Eventually, after 3.5 Ma, a lithosphere cutting fault has developed. The re
sults from Model Udl therefore support the conclusion from Model 5.8 that exten
sion after mantle delamination may lead to the development of lithosphere cutting 
faults and asymmetric extension. 

The thermal effects of delamination are apparent from Figure 3, which displays 

SO 100 ISO 
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Fig. 3. Temperatures ofModel Udl. Delamination clearly has a strong heating effect on the 
lower TeL boundary. 
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Fig. 4. Net surface topography and sediment thicknesses ofmaterial eroded between 0 and 
1 Ma, between 1 and 1.5 Ma, between 1.5 and 2 Ma, between 2 and 2.5 Ma and between 
2.5 and 3Ma. 

the temperature field at subsequent times. Figure 4 shows the evolution of the ero
sion surface and sedimentation. A comparison with the sedimentation pattern of the 
same model without delamination (Model 6.UI and Figure 6.6) shows that the 
large-scale sedimentation pattern is hardly affected by mantle delamination. Com
pared to ModeI6.UI, the net surface topography2 at the model symmetry center is 
slightly larger in Model Udl, as a result of the isostatic response to delamination. 
In the first Ma, the net surface uplift rate of the symmetry center of Model Udl is 
0.9 mm/yr (Figure 5). The mechanisms which are responsible for the initiation of a 

2.	 Net surface topography: tectonic surface topography minus the thickness of material that has been eroded 
off 
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MODELUdl	 Fig. S. Net surface topography of the sym
metry center as a function of time. The 
initial uplift rate resulting from isostatic 
rebound and flexural unloading due to 
sediment transport is 0.9 mmlyr. 

o	 2 3 4
 
time [Mal
 

lithosphere scale fault are basically identical to the mechanisms driving asymmetric 
extension in Model 6.Ul. Dextral shear deformation in the lower crust, resulting 
from the tendency of the strong sub-Moho mantle to straighten out, links up with 
dextral shear deformation in the mantle of the TCL which is caused by preferential 
thinning of this part of the mantle. A more elaborate discussion of the mechanisms 
underlying initiation of asymmetric extension is given in chapter 6. 

Model Udl serves as a reference for models we consider in the following sub-parts. 
The models we consider below are, therefore, identical to Model Udl, with the ex
ception of one single parameter. The parameters in which these models are differ
ent are classified into sub-parts according to the evolutionary period they apply to. 
Table 1 lists the various models and the parameter in which they are different from 
the reference model. 

Variations in pre-thkkening parameters 

Composition 

IModel Ud21 The upper crustal rheology we employ in Model Udl is at the low
viscosity end of the range of upper crustal powerlaw creep rheologies available 
from the contemporary literature (c.f. Figure 6.9). Model Ud2 is identical to Model 
Udl, except for the upper crustal rheology, which is more viscous in Model Ud2 

8(dry quartzite, Q / = 184.1 kllmole, Api =2. 20· 10-22 Pa-2. . S-l, npi =2. 8) (Jaoul p
et al., 1984). 

Compared to Model Udl, Model Ud2 deforms slightly slower (Figure 6). The 
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Fig. 6. Evolution ofModel Ud2. Compared to Model Ud], Model Ud2 has a more viscous 
upper crustal rheology. The left column sJwws the finite element grid, the right column con
tours ofeffective strain. 

upper crust of the TCL is clearly less strained than in Model Udl, but the overall 
style of deformation is hardly different. We conclude that the style of extension is 
insensitive to the upper crustal rheology, in agreement with the conclusion from 
Model6.U2. 

!Model UdJ[ The viscosity of the lower crust of Model Udl is at the low end of val
ues reported in the literanrre (Figure 6.9). The next model, Model Ud3, differs 
from Model Udl in that the viscosity of the lower crust is higher. Lower crustal 
rocks are assumed to have a Pikwitonei granulite rheology (Q pi = 445 kJlmole, 
Api =7.68.10-21 Pa-4·2. s-l, npl =4. 2) (Wilks and Carter, 1990). 

Figure 7 shows the evolution of Model Ud3. The strong lower crust inhibits 
shear deformation in the transition zone and extension of the TCL. Heating and 
thermal expansion generate buoyancy forces in the TCL mantle which initiate an 
"asthenospheric diapir". Mass is transported towards the model symmetry center 
and towards the relatively cool and viscous RCL. As a result, mantle "drips" are 
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Fig. 7. Evolution ofModel UdJ. The lower crust is more viscous compared to Model Udl. 
The deformed finite element grid is displayed in the left column, the right column shows 
contours ofeffective strain. 

created which, eventually, will detach and sink into the asthenosphere. Processes 
near the lithosphere-asthenosphere boundary control the evolution of the litho
sphere when the lower crust is very viscous. 

The results of Model Ud3 give insight in the evolution of mantle delamination it
self. In our model, the thickness of the foundered TeL mantle is selected on an 
rather arbitrary basis. This approach is motivated by the inability of the finite ele
ment method we employ to deal with fluid-like processes. The results of Model 
Ud3 indicate that, in fact, the delamination process still goes on through shedding 
of mantle droplets. Possibly, the complete delamination process occurs by peeling 
off mantle drips. In this case, a rhythmic surface uplift signal would be observed. 
Once initiated, delamination will continue until the complete TeL mantle has been 
removed, unless asthenospheric temperatures decrease as a result of cooling by the 
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sinking mantle blobs. As such, the mantle delamination process is critically depen
dent on the thermal boundary condition imposed by the asthenosphere. Model Ud3 
therefore might represent a transient stage in the delamination process. In this tran
sient stage, extension is insignificant and processes near the lower TCL boundary 
control the evolution of the lithosphere system. 
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Fig. 8. Model Ud4: deformed mode/lithosphere and effective strain after 7 Ma. Compared 
to Model Udl, the mantle in this model is more viscous. 

IModel Ud41 In Model Ud4, the low viscosity end-member mantle rheology of 
Model Udl is replaced by the high viscosity end-member (Figure 6.9). Again, all 
parameters are identical to Model Udl, except that a dry olivine flow law is adopt
ed in the mantle (Qpl=510 kJ/mole, Ap1 =7'10-14 Pa-3 

'S-l, npl=3) (Kirby, 
1983). 

Figure 8 shows the deformed grid and strains after 7 Ma, when the lower TCL 
mantle has started destabilizing. Like in Model Ud3, the relative significance of 
extensional strain is limited compared by the strain related to the formation of a 
mantle drip. Model Ud4 therefore represents a transient stage in an ongoing de
lamination process. 

Geotherm 

]Model Ud51 In Model Udl the geothermal gradient before thickening is a steady 
state geotherm with a surface heat flow of 60 mW/m2

• To iIlVestigate the influence 
on the style of extension of the initial temperature field, Model UdS initially has a 
steady state geotherm with a surface heat flow of 50 mW/m2 . The mechanical 
thickness of the lithosphere increases with a decrease in the geothermal gradient 
and, therefore, the thickness of the RCL of Model UdS (130 kID) is larger than the 
RCL thickness of Model Ud1 (105 kID). The in-plane force is, like in Model Ud I, 
equivalent to a 50 MPa stress which is uniformly distributed over the lithospheric 
thickness. Because the lithospheric thickness of Model Dd5 is larger than Model 
UdI, the in-plane tensile force magnitude is larger; 6. 5 . 1012 N/m. 
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Fig. 9. Model UdS: the initial surface heat flow in this model is 50 mW/m2
• Shown are the 

deformedfinite element grid and contours ofeffective strain after 7 Ma. 

0 

~ 

~ 
0 

~5l 
i' 
l 

~ 
0 

~ 

~ 
0 so \00 \SO 0 50 100 \SO 

distance [Ian] 

Fig. 10. Evolution ofModel Ud6. Compared to Model Ud], Model Ud6 has a higher initial 
temperature gradient. The left column shows the finite element grid, the right column con
tours ofeffective strain. 
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Figure 9 shows the finite element grid and contours of effective strain. 7 Ma after 
thickening has ended. The cold lithosphere model is more viscous than Model Ddl 
and the significance of extension relative to delamination processes is therefore 
limited compared to Model Ddl. A mantle drip has formed near the model sym
metry center and the transition zone. The location of the droplet which forms below 
the transition zone is determined by the initial geometry of the detachment and the 
resulting temperature b.c. at the lower model boundary. 

IModel Ud61 The next model we consider. Model Ud6, has an initial steady state 
geothermal gradient which is higher than in Model Ddl; the surface heat flow be
fore thickening is 70 mW1m2

• The initial thickness of the lithosphere model is 100 
km. The magnitude of the end load is equivalent to an in-plane tensile stress of 50 
MPa which is uniformly distributed over the lithospheric thickness. As a result, the 
effective magnitude of the end load is 5% lower than in Model Ddl. 

Figure 10 shows that the lithosphere model extends more rapidly than Model 
Ud 1. Sinistral shear deformation in the lower crust of the transition zone links pure 
shear deformation in the TCL mantle with pure shear extension in the RCL crust. 
The width of the lower crustal layer where shear strain is accommodated is larger 
than the width of the lower crustal shear zone in Model Ud1. The style of deforma
tion is asymmetric with a fault zone which is wider than in Model Ddl. The rela
tive importance of delamination processes (c.f. Model Dd5) is limited in this model 
for two reasons; (1) the lithosphere extends more rapidly due to the thermally in
duced reduction in viscosities, (2) heating of the TCL mantle is slower than in cold
er models, since the mantle is already relatively hot. 

o	 50 100 150 0 50 100 150 

distance [Icm] 

Fig. 11. Lithosphere model and contours of effective strain after 3 Ma in Model Ud7. In 
Model Ud7, the duration ofthe thickening period is 5 Ma. 
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Fig. 12. Evolution and contours of effective strain of Model UdB. The duration of the 
thickening period is 20 Ma in this model. 

Variations in syn-thickening parameters 

Finite thickening period 

IModel Ud7] In Model Udl we assumed that thickening of the crust occurs in
stantaneously, or at least very fast compared to the time required for diffusive heat 
transport over significant distances. For instance, the characteristic time required 
for thermal diffusion over a distance of 1 kID is 42· 103 yr (Thrcotte and Schubert, 
1982). Simultaneously, we assume that complete isostatic compensation of the 
thickened lithosphere has occurred on this short timescale. These assumptions are 
rather unrealistic, which is a good motivation for investigating the sensitivity of the 
results from Model Udl to the duration of the thickening period. In Model Ud7, 
the phase of thickening lasts 5 Mil. equivalent to an average relative horizontal ve
locity of 2 crn!yr in our model. At t = 0 the lower pan of the TCL mantle detaches 
and the in-plane tensile force stans acting on the system. 

Figure 11 shows the finite element grid and contours of effective strain after 3 
Ma. Heating during thickening decreases the viscosities of the TeL, resulting in an 
increase in the extension rate compared to Model Udl. More deformation occurs 
outside the dipping fault zone in Model Ud7, but the overall style of extension is 
very similar. Therefore, the style of extension is not very sensitive to the duration 
of the thickening period. This result is in accordance with findings from the post
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collisional extension models 6.U7 and 6.U8. 

(Model Ud81 With the next model, Model Ud8, we intend to investigate the evolu
tion of continental lithosphere in which thickening results from a number of oro
genic pulses during a period of 20 Ma. The initial thermal field of this model was 
calculated by solving the heat equation on a grid which advects with constant nodal 
velocities. The TCL of Model Ud8 has heated considerably (Figure 6.19) since the 
onset of thickening. 

After 2 Ma, both the upper crust and the lower crust in the transition zone have 
accommodated sinistral shear (Figure 12). Therefore, instead of a single lithosphere 
cutting fault, two faults evolve; (1) a sinistral normal fault which soles out on the 
upper-lower crust interface or soles out into the lower crust and (2) a distinct lower 
crustal shear zone which links up with the TCL mantle. Compared with the post
thickening extension model 6.N8, the style of deformation is very similar. The 
main difference between these models is the rate of extension, which is higher after 
delamination. The overall style of extension in Model Ud8 is asymmetric, al
though the asymmetry is less pronounced than in Model Udl. We conclude, there
fore, that the duration of the thickening phase slightly reduces the tendency to 
asymmetric extension. This result confirms the findings from the uniform pre
stress models in chapter 6. 

o SO 100 ISO 0 50 100 150 
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Fig. 13. Uniform thickening model, Model Ud9. Deformed grid and effective strain after 
2.5 Ma. 

Thickening geometry 

IModel Ud91 In Model Udl it is assumed that continental thickening results from 
thickening of the crust alone. With Model Ud9 we investigate the sensitivity of the 
style of extension to the thickening distribution by assuming uniform thickening, 
. p-l Jrl 2i.e. C =Pm = . 

In the first Ma. the net surface uplift rate is more than 1.5 mm/yr. The thickness 
of the delaminated mantle is larger than in Model Udl and, therefore, the isostatic 
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restoring forces are larger. After 2.5 Ma, the model lower boundary stans destabi
lizing (Figure 13). This difference in style of deformation between Model Udl and 
Model Ud9 results from the much cooler initial thermal structure of Model Ud9; 
asthenospheric heating is more rapid in a cool mantle and extension of the more 
viscous TeL is slower. The relative amount of extensional strain is therefore limit
ed at the onset of the mantle drip. 
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Fig. 14. Evolution and contours ofeffective strain ofModel UdlO. The width of the transi
tion zone is 50 /an in this model. 

]Model UdlOl The sensitivity of the results of Model Udl to the width of the transi
tion zone is tested in Model UdlO, which has a transition zone width of 50 kIn. 

Compared to Model Udl, Model UdlO evolves slightly slower (Figure 14). 
Sinistral shear in the lower crust of the transition zone links up with deformation 
zones in the upper crust of the RCL and the mantle of the TCL. As a result of the 
wider transition zone, loci of upper crustal and mantle deformation are offset fur
ther, and the lithosphere scale style of deformation is more pronounced asymmetric 
than in Model Udl. After 4 Ma. a mantle drip has evolved near the model symme
try center, but the relative importance of extensional strain in this stage is greater 
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Fig. 15. Finite element grid and effective strain (top row) Model Udlla after 4 Ma: initial 
surface heat flow 60 mW/m2, (middle row) Model Udllb after 4 Ma: initial surface heat 
flow 50 mW/m2 and (bottom row) Model Udllc after 5 Ma: initial surface heat flow 70 
mW/m? 

than the strain associated with the drop. 

Variations in post-delamination parameters 

Gravitational collapse 

!Models Udlll It was concluded in chapter 5 of this thesis that lithosphere scale 
asymmetric extension will occur if delamination occurs simultaneously with a 
switch in the in-plane force from compressive to tensile. Delamination during the 
compression phase was concluded to destabilize the lower boundary and would not 
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lead to significant extension. In this section we investigate whether significant ex
tension will result from delamination during a drop in the in-plane force magnimde 
to zero. The initial surface heat flow of Models Udlla, Udllb and Udllc respec
tively is 60 mW/m2

, 50 mW/m2 and 70 mW/m2
. With these models, we intend to 

investigate gravitational collapse after thickening and delamination of average, cold 
and hot continental lithosphere. 

Figure 15 shows the deformed lithosphere and strain in Model Udlla, 4 Ma after 
delamination (top row), Model Udllb after 4 Ma (middle row) and in Model 
Udllc after 5 Ma (bottom row). It is clear that the initial geothermal gradient is in
significant for the resulting deformation style. In all three models, a lithospheric 
drip evolves near the model symmetry center and in the transition zone. Partial de
lamination and subsequent gravity collapse leads to continued delamination with
out producing significant amounts of extensional strain. Figure 16 shows the net 
surface topography of the model symmetry center for the three gravitational col
lapse models. The dependence of the flexural strength of the lithosphere on the 
geothermal gradient is reflected in the magnitude of the uplift. The temporal evolu
tion of the three models is similar; the free surface of the symmetry center is initial
ly uplifted resulting from isostatic restoring forces, followed by rapid subsidence 
associated with the onset of mantle drips. The timing of onset of the mantle drips 
is a function of the initial geotherm; the process of heating and subsequent destabi
lization occurs more rapidly in a cold than in a hot mantle. 

~ MODELS Udlla. Udllb and Udllc 

IJo = 70 mW1m2 

2 3 
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Fig. 16. Net surface topography ofmodel symmetry center ofgravitational collapse models 
Udlla, Udllb and Udllc. 

Sonder et al. (1987) consider gravitational collapse models of continental thick
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Fig. 17. Deformed lithosphere model and contours of effective strain of Model Ud12. In 
this model, the in-plane end load is equivalent to a stress of 100 MPa which is unzformly 
distributed over the thickness of the lithosphere. 

ening followed by delamination. In their opinion, it ".. is a reasonable first ap
proach .." to ".. neglect the .." ".. effects oflateral variations in strain and consider 
the thermal and mechanical evolution of a single column of lithosphere ..". The 
one-dimensional models are integrated in their method, and they consider vertical 
averages of stress, rheology and strain in continental lithosphere which has been 
uniformly thickened. The rheology in their models is more viscous than the rheolo
gies we employ and thickening pre-stresses are uniformly applied. From their 
models, Sonder et al. (1987) conclude that delays up to 100 Ma between (instanta
neous) delamination and the onset of gravitational spreading may occur. The re
sults from our modeling indicate that lateral variations do have a pronounced effect 
on the evolution of the lithosphere. Ongoing delamination processes and shedding 
of mantle drips are a likely consequence of our (and their) initial delamination 
model. Also, their models predict that surface elevations on the order of 4 km, are 
maintained during periods of 50 Ma. Erosion and sedimentation probably are very 
effective on these timescales and at these elevations (c.f. England and Molnar, 
1990). Sonder et al. (1987) do, however, not consider the effects of sediment trans
port. 
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Fig. 18. Evolution of depth-dependent pre-stress Model Ndl. The left column shows the 
finite element grid, the right column contours ofeffective strain. 

In-plane force magnitude 

IModel Ud121 In Model Udl2, the magnitude of the end load which starts acting 
on the RCUfCL system is twice as large as in Model Udl. The in-plane force is 
therefore equivalent to an in-plane stress of 100 MPa which is uniformly distribut
ed over the thickness of the lithosphere. In chapter 2 of this thesis it is shown that 
average in-plane stresses with magnitudes of hundreds of MPa's are consistent with 
seismicity data in the Central Indian Ocean. 

The extension rate of Model Udl2 is significantly larger than the rate of exten
sion of Model Udl (Figure 17). Sinistral shear zones in the upper crust and mantle 
derive from the lower crust and a lithosphere-cutting fault develops. Because less 
time is available for heating in Model Udl2, deformation in the mantle is more ho
mogeneous compared to Model Udl. An increase in the in-plane force magnitude 
results in a slight decrease in the asymmetry of the system as a whole. 
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Fig. 19. Net surface topography and sediment thicknesses of material eroded between 0 
and 1 Ma, between 1 and 1.5 Ma, between 1.5 and 2 Ma, between 2 and 2.5 Ma and 
between 2.5 and 3 Ma. 

Fig. 20. Net surface topography of the
MODELN'dl 

symmetry center ofModel Nd1 as function 
oftime. 
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NON-UNIFORM PRE-SlRESS MODELS 

It was concluded in chapters 5 and 6 of this thesis that the distribution of pre
stresses in the thickened lithosphere plays a crucial role in determining the style of 
extension after collision. In the second part of this chapter we therefore investigate 
the influence of assuming a depth-dependent pre-stress distribution on the style of 
extension following thickening and delamination. 

2 
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Table 2. Non-uniform pre-stress models which are discussed in this chapter. 
Ndl Identical to model VI, except for initial stress distribution. This model serves as 

a reference for subsequent models. The aspect in which the models below deviate 
from Model Ndl is indicated. 

Nd2 Strong upper crust model. 
Nd3 VISCOUS lower crnst model. 
Nd4 Strong mantle model. 
NdS Cold initial geotherm model. 
Nd6 Hot initial geotherm model. 
Nd7 Duration of thickening period 5 Ma. 
Nd8 Duration of thickening period 20 Ma. 
Nd9 Vniform thickening model. 
NdlO Wide transition zone model. 
Ndlla Gravity collapse model with pre-thickening steady state geotherm with surface 

heat flow of 60 mW1m2
• 

Ndllb Gravity collapse model with pre-thickening steady state geotherm with surface 
heat flow of 50 mW/m2

• 

Ndllc Gravity collapse model with pre-thickening steady state geotherm with surface 
heat flow of 70 mW/m2

• 

N12 Twice inplane force m~tude. 

ModelNdl 

!Model NdJ[ Model Ndl is identical to Model Ddl, with the exception of the pre
stress distribution (see tables 6.1 and 6.2 for parameter values). 

Figure 18 shows the evolution of the lithosphere model and contours of effective 
strain. From a comparison of the results with the results of Model Ddl it is clear 
that the influence of the pre-stress distribution on the style of extension is large. 
The clockwise moment which is exerted by the depth-dependent pre-stresses is ex
pressed in the style of extension (Figure 6.29). In the upper crust of the TCL, dex
tral shear will be accommodated along brittle faults with a normal vertical compo
nent. Both dextral and sinistral shear deformation occur in the lower crust of the 
TCL and transition zone, and the resulting style of deformation is more symmetric. 
Likewise, in the mantle, no predominant asymmetry evolves. In contrast with the 
result of the uniform pre-stress model Ddl, in which a lithosphere cutting fault 
evolved, asymmetric extension in Model Ndl is confined to the upper crust and 
rather symmetric below. The uniform pre-stress model deforms slower because 
more stress is applied to the strong upper mantle and less to the (weaker) crust 
(Figure 6.2). Onset of thinning in the TCL mantle is associated with subsidence of 
the TCL surface and a jump in the depocenter towards the mantle symmetry center 
(Figure 19). In chapter 6, this depocenter jump was concluded to be a characteris
tic feature of depth-dependent pre-stress models and possibly a diagnostic tool for 
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Fig. 21. Deformed finite element grid and contours of effective strain of Model Nd2. The 
viscosity of the upper crust of this model is high compared to the upper crustal viscosity of 
Model Ndl. 

determining the thickening pre-stress distribution in extending mountain belts. Im
mediately after delamination, the net surface uplift rate of the symmetry center of 
Model Ddl was found to be 0.9 mm/yr (Figure 9). Figure 20 shows that the sym
metry center of Model Ndl is not uplifted as a result of isostatic rebound forces as
sociated with delamination. Instead, subsidence due to crustal thinning commences 
immediately after delamination has occurred. 

Model Ndl will serve as a reference for the models we consider next. The models 
below are identical to Model Ndl, except for one parameter (c.f. table 1). 
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Fig. 22. Evolution offinite element grid and contours of effective strain of viscous lower 
crust Afodel/Vd3. 

Variations in pre-thickening parameters 

Composition 

IModel Nd21 With Model Nd2 we investigate the influence of the upper crustal 
rheology on the style of deformation. A dry quartzite powerlaw creep flow law is 
adopted in the upper crust, and the upper crust is more viscous than in Model Ndl 

S(Qpl = 184.1 kJ/mole, Api =2. 20' 10-22 Pa-2. • S-l, npl =2. 8) (Jaoul et al., 1984). 
The evolution of the lithosphere model is slightly slower than in Model Ndl 

(Figure 21), but the overall style of deformation is similar. The upper crust of the 
TeL is deformed less than in Model Ndl and sinistral shear in the lower crust of 
the transition zone is more prominent. No lithosphere scale asymmetry evolves, 
however. 
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Fig. 23. Model Nd4: compared to Model Ndl, the viscosity of the mantle in this model is 
significantly higher. Deformed model lithosphere and contours of effective strain after 7 
Ma. 

[Model Nd3[ The viscosity of the lower crust is significantly higher in Model Nd3, 
compared to Model Ndl. The lower crust has a Pikwitonei granulite rheology 
(Qpl=445 kJ/mole, Ap/=7.68·IQ-21 Pa-4·2· s-1, np/=4.2) (Wilks and Carter, 
1990). 

Shedding of a lithospheric drip starts controlling the evolution of the TCL from 
3.5 Ma onward (Figure 22). Compared to Model Ud3, Model Nd3 has extended 
more at the onset of the instability. This discrepancy is due to the high tensile pre
stresses in the crust in the depth-dependent pre-stress model. Since the crust is 
weak relative to the mantle, Model Nd3 therefore deforms more. 

0 ISO 0 

o 50 100 150 0 50 100 150 
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Fig. 24. Finite element grid and contours of effective strain after 9 Ma of Model NdS 
which, initially, has a surface heatflow of50 mW1m2

• 

1Model Nd41 The influence of mantle rheology is investigated in Model Nd4. Again, 
all parameters are identical to Model Ndl, except that a dry olivine flow law is 
adopted in the mantle (Qpl =510 kJ/mole, Api =7.10-14 Pa-3 • s-1, npl =3) (Kirby, 

1983). 
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Fig. 25. Evolution ofModel Nd6. Compared to Model Ndl, the initial temperatures in this 
model are higher. The deformed finite element grid is displayed in the left column, the right 
column shows contours ofeffective strain. 

After 7 Ma, the lower TCL mantle destabilizes (Figure 23) when a mantle drip 
has formed. Like in the previous model, more extensional strain has occurred in the 
depth-dependent pre-stress model than in the uniform pre-stress model (c.f. Figure 
8) at the onset of the drip. 

Geotherm 

IModel Nd51 The initial temperatures of Model Nd5 are lower than in Model 
Ndl; before thickening the surface heat flow associated with the steady state 
geotherm is 50 mW/m2 

• 

The evolution of the cold lithosphere model is controlled by ongoing delamina
tion processes (Figure 24). Compared to the uniform pre-stress Model Ud5, Model 
Nd5 is extended more and compressive pre-stresses in the TCL mantle of Model 
Nd5 delay the onset of the lithospheric drip. 

'[Model Nd61 Model Nd6 has an initial surface heat flow of 70 mW/m2 and, accord
ingly, the initial steady state geothermal gradient is significantly steeper than the 
geotherm of Model Ndl. 

After 1.5 Ma, the TCL has extended by a factor greater than two (Figure 25). 
Strain contours in the upper and lower crust after 1 Ma indicate that the upper crust 
of the transition zone acts as a detachment level, along which lower crustal rocks 
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Fig. 26. Extension following a 
5 Ma thickening period and 
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are exhumed by sinistral normal shear. In the TCL mantle, the style of deformation 
is pure shear. 

Variations in syn-thickening parameters 

Finite thickening period 

IModel Nd7J In Model Nd7, thermal diffusion has occurred during the 5 Ma 
thickening period. For the rest, the model is identical to Model Ndl. 

Thermal re-equilibration increases the rate of thinning of the TCL (Figure 26). 
The style of deformation, however, is hardly affected by the duration of the thick
ening period. 

IModel Nd81 The influence of an increase of the duration of the orogenic period to 
20 Ma is studied in Model Nd8. 

After 1.5 Ma, the average rate of extension of this model more than 3 crn/yr 
(Figure 27). Contours of strain after 1 Ma indicate asymmetrical deformation in the 
upper and lower crust. On the scale of the lithosphere however, the style of exten
sion is symmetric. 

o 50 100 150 0 50 100 150 

distance [km] 

Fig. 28. Uniform thickening Model Nd9: deformed model lithosphere and contours ofeffec
tive strain after 2.5 Ma. 

Thickening geometry 

IModel Nd91 In Model Nd9, the lithosphere is thickened by uniform thickening 
of the crust and mantle by a factor of two. 

After 2.5 Ma, a mantle droplet has formed in Model Nd9 (Figure 28). Like in 
previous cases where shedding of lithospheric droplets controls the evolution of the 
TCL, the depth-dependent pre-stress model extends more than the uniform pre
stress model. 

IModel NdlOI The width of the transition zone of Model NdlO is 50 kID, Le. twice 
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Fig. 29. Deformed grid and contours of effective strain, 3 Ma after thickening has ended 
and delamination has occurred. The width of the transition zone ofthis model, Model NdlO, 
is twice as large as the transition zone width ofModel Ndl. 
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Fig. 30. Gravity collapse models. Top row: finite element grid and strains after 4 Ma of 
Model Ndlla. The initial geothermal gradient of this model is identical to the geotherm of 
Model Ndl. BoUom row: finite element grid and strains after 4.5 Ma of "cold lithosphere" 
Model Ndllb. 

the transition zone width of Model Ndl. 
Figure 29 shows the finite element grid and contours of effective strain, 3 Ma af

ter delamination has occurred and the tensile end load started acting on the litho
sphere. Deformation is clearly more uniform than in Model Ndl and the style of 
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Fig. 31. Evolution of the nhot lithospherengravity collapse Model Ndll c. The left column 
shows the finite element grid and the right column shows contours ofeffective strain. 

extension is well described by pure shear. An interesting discrepancy occurs with 
the uniform pre-stress model (Figure 14). A higher extension rate reduces the rela
tive importance of processes occurring near the lithosphere-asthenosphere bound
ary. 

Variations in post-delamination parameters 

Gravitational collapse 

!Models Ndll I Gravitational collapse resulting from delamination and a drop to 
zero of the in-plane compressive load which caused thickening of the lithosphere, 
is modeled in Models Ndlla, Ndllb and Ndllc. The initial surface heat flow in 
these models is 60, 50 and 70 mW/m2 respectively. 

Figure 30 shows that the lower boundary of the "cold" models has destabilized 
and that the formation of mantle drips controls the evolution of the lithosphere. 
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Models Ndlla. Ndllb and Ndllc 
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Fig. 32. Net surface topography as function of time of the model symmetry center ofgravity 
collapse Models Ndll a. Ndll band Ndll c. 

Figure 31 shows that delamination of Model Ndllc, the "hot" model results in sig
nificant extension and thinning of the TCL. The style of extension of Model Ndllc 
initially is symmetric, but becomes more asymmetric after 3.5 Ma, when dextral 
normal shear zones in the upper crust, lower crust and mantle are on the verge of 
linking up into a lithosphere cutting system. The net surface topography of the 
symmetry centers of Models NIla, NIlb and NIlc are shown in Figure 32. Com
pared with the surface uplift signals of the uniform pre-stress models (Figure 16), 
the net surface topography of the depth-dependent pre-stress models is clearly dif
ferent. A significant and somewhat surprising result of from the non-uniform pre
stress models is that delamination is not necessarily followed by surface uplift. 

Magnitude of in-plane force 

IModel Nd121 The last model we consider is identical to Model Ndl, except that 
the magnimde of the in-plane force, which starts acting at t = 0, is twice as large, 
Le. equivalent to an in-plane stress of 100 MPa which is distributed uniformly over 
the lithosphere thickness. 

Figure 33 shows that the model lithosphere extends more rapidly than Model 
Nd1. After 1 Ma. sinistral shear in the lower crust of the transition zone is balanced 
by dextral shear in the conjugate zone which dips from the TeL underneath the 
RCL. Clearly, this conjugate zone is wider than the lower crustal shear zone. After 
1.5 Ma, the style of deformation is symmetric. 
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Fig. 33. Evolution ofModel Nd12. In this model, the magnitude ofthe in-plane end load is 
equivalent to an in-plane stress of100 MPa magnitude, uniformly distributed over the thick
ness of the RCL, i.e. 10.5' 1012 N/m. Compared to Model Nd1, the in-plane force magni
tude is therefore twice as large. 

DISCUSSION 

In the delamination model we adopt (Figure 1) we make assumptions on the tim
ing of delamination and on the geometry of the detached mantle. In our models. 
we assume that delamination occurs at the end of a mountain building phase. when 
in-plane forces switch from compressive to tensile. The numerical models of 
Houseman et al. (1981) show that the time at which detachment occurs depends on 
the intensity of mantle coIlVection. and that detachment may occur between 0 and 
100 Ma after the end of the collision phase. The motivation for iIlVestigating mod
els in which detachment occurs immediately after thickening is that, based upon 
the results from chapter 5. delamination in a compressive in-plane stress field does 
not lead to asymmetrical extension. Since we. concluded in chapter 3 of this thesis 
that symmetric extension is the normal deformational style of continental litho
sphere, our aim is to identify the physical conditions at which the mode of defor
mation is asymmetric. The results of chapter 5 indicate that delamination of TCL 
mantle may be effective in initiating lithosphere scale faults if the in-plane com
pressive force has dropped to zero or has become tensile, Le. if delamination oc
curs at or after the end of the collision phase. We did not iIlVestigate models in 
which there is a delay between the end of thickening and delamination. If the TeL 
extends very slowly after thinning, the effect of a delay in the onset of delamination 
on the style of extension after delamination will be small. If the TeL extends rapid
ly after thickening, and delamination has not yet occurred, delamination of the TCL 
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becomes less likely with time, since thinning of the TCL restores the stability of 
the TeL mantle. 

The assumed geometry of the detachment is reflected in our models through the 
mechanical and thermal b.c.'s acting on the lower boundary of the remaining TCL. 
The more viscous and slow-deforming models appear to be sensitive to the exact 
nature of the boundary conditions and, therefore, to details of the delamination pro
cess itself. Mantle drips evolve in a number of these models, which will detach and 
sink into the asthenosphere as a result of their higher relative density. The onset of 
lithospheric drips is merely a transient stage in the process of conveetively remov
ing the whole TCL mantle. Once some part of the TCL mantle has been delaminat
ed, the process is self-maintained through the destabilizing effect of asthenospheric 
temperatures to which the remaining mantle is exposed. The fact that transient 
stages of this delamination process are characterized by shedding of lithospheric 
drops might indicate that the complete process of delamination is controlled by 
droplets which fall from the TCL. Further work, based upon Eulerian techniques, 
is required to investigate whether the instantaneous delamination model we adopt 
in this chapter is an appropriate description of the underlying physical process. In 
such a study, it would be imperative to consider the effects of a deforming litho
sphere, since deformation and thinning affects the asthenospheric flow through the 
time-dependent temperature boundary conditions it imposes. Finite element meth
ods which are capable of solving the coupled thermo-mechanical equations for re
alistic rheologies in both the lithosphere and the asthenosphere are subjects of ac
tive research (e.g. Christensen, 1992). 

CONQUSIONS 

In this chapter we have investigated the style of extension in continental litho
sphere which has been subject to continental thickening, immediately followed by 
delamination. The end of continental thickening is signified by a drop in the in
plane end load to zero or a sign change of the in-plane force from compressive to 
tensile. If thickening pre-stresses are uniform with depth, an asymmetric style of 
extension may evolve. The style of extension is more symmetric if pre-stresses are 
a function of depth, based upon local pressure differences between TCL and RCL 
(Figure 6.2). I 

For the uniform pre-stress models, conditions which have a significant effect on 
the style of extension are; 
(1) The in-plane end load. Asymmetric extension occurs if a tensile in-plane force 

equivalent to an in-plane stress of 50 MPa, uniformly distributed over the litho
spheric thickness, is applies to the thickened lithosphere from t =0 onward. At 
smaller end load magnitudes, the relative significance of lower boundary de
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lamination processes increases at the expense of the amount of extension. At 
larger magnitudes, the asymmetry of extension slightly decreases. 

(2) The viscosity of lower crust and mantle. At high viscosities of the lower crust 
and mantle, either as a result of composition and rheology or as a result of a 
low geothermal gradient, extension of the TCL is inhibited and the TeL mantle 
destabilizes. 

(3) The thickening geometry. Tectonic thickening of the lithosphere leads to prefer
ential thickening of the crust. In this case, initiation of a lithosphere scale fault 
is possible after delamination. If the continental lithosphere has been uniformly 
thickened, delamination destabilizes the TCL mantle and extension is limited. 
For a 25 km wide transition zone, a single lithosphere cutting fault initiates. If 
the transition zone is 50 km wide, asymmetric extension in the upper crust and 
the lower crust and mantle is uncoupled. 

The style of deformation in the depth-dependent pre-stress models is more sym
metric. This result is insensitive to any of the parameter variations we investigated. 
In models with a relatively weak upper crust, the style of deformation in the upper 
crust alone is asymmetric. Probably, in these cases, the surface geology will be 
dominated by normal faults dipping away from the TCL. In later stages of the ex
tension, uniform pre-stress models and depth-dependent pre-stress models predict 
very distinct sedimentation patterns. The average extension rate of the lithosphere 
is significantly higher in the depth-dependent pre-stress models than in the uniform 
pre-stress models. 

Delamination may result in uplifts on the order of 1 km and uplift rates on the order 
of 1 mm/yr. It is noteworthy, however, that uplift following delamination does not 
always occur and is a model-dependent feature. 
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Chapter 8 

Summary and conclusions 

Much of the work on continental margins and sedimentary basins has been directed 
at quantifying parameters of the pure shear extension model (or stretching model) 
(McKenzie, 1978). This is surprising, since a sound physical basis of this kinemat
ic model is lacking. Alternative kinematic models, like the simple shear model 
(Wernicke, 1981) have been proposed which, at least in some basins, explain the 
surface observations equally welL In terms of asymmetry, the pure shear model 
and the simple shear model represent end-members of a spectrum of kinematic 
models for continental extension (Figure 1). The central issue of this thesis is to 
determine -by numerical modeling- whether the pure shear model and the simple 
shear model are physically plausible and to gain insight in the physical conditions 
which control the style of extension. 

In chapter 2 of this thesis we derive constraints on the magnitude of inplane 
stresses from focal depths of intraplate earthquakes. In this study, experimental re
sults on the rheology of lithospheric rocks are used to relate observations of strain 
to stress. In fact, since the work we present focuses on aspects of the dynamics of 
continental extension, results derived from laboratory experiments on the rheology 
of rocks play a prominent role throughout this thesis. It is shown in chapter 2 that 
average intraplate stresses on the order of hundreds of lvIPa's in the Central Indian 
Ocean are consistent with seismicity observations. Observations of gravity highs 
and lows in this region have been attributed to 200-km wavelength undulations re
sulting from lithospheric buckling. High seismicity and buckling of the oceanic 
lithosphere indicate that intraplate stresses in the Central Indian Ocean are high 
compared to other oceanic plates. The results from chapter 2 are relevant for the 
numerical models we develop in subsequent chapters, since they put an upper limit 
on the magnitude of inplane forces which may be applied to finite element models 
of continental extension. 

Extension of continental lithosphere which is laterally homogeneous is studied in 
chapter 3. Finite element models of the continental lithosphere are subject to in
plane tensile end loads which may derive from plate boundary forces (e.g. slab pull 
and trench resistance) or body forces (e.g. ridge push and density moment distribu
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Fig. 1. Derivatives of the pure shear model and the simple shear model for 
describing the kinematics of extension. Both figures represent "realistic" ver
sions of the original end-member extension models. Compared to the pure 
shear model sensu stricto (Figure 1 in chapter I), the pure shear model in the 
top figure has some localized, non-coaxial deformation in the upper crust. 
The simple shear model in the bottom panel is more symmetric in the upper 
crust than the original model, (Figure 2 in chapter 1) as a result of conjugate 
faults which have developed. 

tions). The influence of assuming different (non-rotative) distributions with depth 
of the end-load is tested. It is concluded that the total horizontal strain rate is uni
form with depth at distances greater than 500 km from plate boundaries, indepen
dent of the assumed depth-dependence of the end load. lbis result, which was an 
assumption in the models of Kusznir (1982), is of fundamental importance in un
derstanding the mechanisms that control the style of extension and, therefore, to 
subsequent chapters of this thesis. It means that extension by pure shear is the "na
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tural" response of continental lithosphere to inplane stresses, away from plate 
boundaries. Therefore, lithosphere-scale asymmetries in the style of extension have 
to be the result of either (1) lateral inhomogeneities within the continental litho
sphere or (2) proximity of a plate boundary which imposes depth-dependent me
chanical boundary conditions. Since lateral inhomogeneities in the continental 
lithosphere are well-established compared to the nature of plate boundary forces, 
we focus in this thesis on causes for asymmetric extension in interior parts of conti
nentallithosphere. 

Once lithosphere-scale faults have been formed, they tend to stay operative in 
subsequent tectonic phases. A low-angle detachment fault which is rooted in 
strong parts of the lithosphere will initiate an asymmetric style of extension if the 
mechanical boundary conditions allow the system to evolve this way. It is therefore 
interesting to investigate the conditions at which such faults might initiate in strong 
parts of the lithosphere. Pre-defined weaknesses might control the initiation of de
tachment faults, but there is no evidence that this is always so. Also, an explana
tion of detachment faults in terms of pre-defined weaknesses disregards the possi
ble relation between a pre-extension thickening period and subsequent extension 
which has been found in the Basin and Range Province and in the Aegean Sea. 
Therefore, the work presented in chapters 4, 5, 6 and 7 aims at determining the 
physical conditions which control the onset of lithosphere scale asymmetries. 

1Wo mechanisms have been proposed for initiation of lithosphere scale faults in 
continental lithosphere which, thermally and mechanically, is close to equilibrium, 
Le. lithosphere which has not been subject to thermal and/or orogenic events for a 
long time. First, strain localization resulting from a strain softening has been put 
forward. The second mechanism involves boudinage of lithospheric layers which 
would lead to inhomogeneous deformation and asymmetric extension. These mech
anisms are investigated in chapter 4 of this thesis and it is concluded that neither 
mechanism is relevant in the context of extension on the scale of the whole litho
sphere. Mild deviations from lateral homogeneity are not sufficient to initiate litho
sphere scale faults. 

In chapter 5, we investigate various possible causes for asymmetric extension in 
lithosphere which is, or has recently been, subject to a tectonic and/or thermal 
event. We consider thickening of continental lithosphere, magma intrusions, 
mantle plumes and the hypothetical mechanism of delamination of the mantle of 
thickened continental lithosphere as possible causes for subsequent extension. We 
conclude that initiation of lithosphere cutting faults and asymmetric extension is 
possible after thickening. This result is consistent with observations of asymmetric 
extension in terrains that previously were subject to continental thickening, like the 
Basin and Range Province and the Aegean Sea. The predicted direction of dip also 
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agrees with observations in these areas. Mantle delamination is also found the be a 
feasible mechanism for asymmetric extension. Magma intrusions and mantle 
plumes result in a symmetric, pure-shear-like, style of extension. 

The conclusions from chapter 5 motivated us to iIlVestigate the parameters which 
influence the style of extension following continental collision. In chapter 6 we in
vestigate the influence of relevant parameters of this three-stage evolution, Le. the 
pre-thickening period, the syn-thickening period and the post-thickening period. 
The physical mechanisms controlling the style of extension are identified in this 
chapter. It is concluded that the distribution of residual stresses (or pre-stresses) 
from the collision phase play a crucial role in determining the style of extension. 
Initiation of asymmetric extension is promoted by residual stresses which are dis
tributed rather uniformly with depth. The rheology of the lower crust and mantle, 
the geothermal gradient. the amount of thickening of the mantle during the moun
tain building phase and the timing of onset of an inplane tensile force are conclud
ed to control the style of extension if residual stresses are uniformly distributed 
with depth. If the residual stresses are modeled as function of depth, the rate of ex
tension is higher and the style of deformation more symmetric. Lithosphere-cutting 
faults are predicted to evolve in case inplane forces have large magnitudes. In this 
single case, the predicted dip direction of the fault is opposite to the dip direction 
that was predicted for the uniform residual stress models. An interesting detail is 
that the sedimentation pattern appears to be sensitive to the distribution of residual 
stresses and could possibly be used to discriminate between uniform and non
uniform pre-stress models. 

Based on the results of chapter 5, a more detailed iIlVestigation is presented in 
chapter 7 of the conditions which control the style of extension, assuming that de
lamination of the mantle of thickened continental lithosphere occurs. Residual 
stresses from the thickening phase are found to strongly influence the style of ex
tension following delamination. Lithosphere-cutting faults and an asymmetric style 
of extension are initiated if pre-stresses are uniformly distributed with depth. If 
residual stresses from thickening are a function of depth. the style of extension is 
more symmetric. 

Within the framework of our finite element models, we have shown in this thesis 
that lithosphere-scale asymmetries evolve under rather special conditions. The 
model results provide some basis for the inference from geological observations 
that lithosphere-scale asymmetric extension might have evolved from thickened 
continental lithosphere. More in general, specific geological observations may put 
constraints on conditions which have prevailed before the onset of continental ex
tension. The modeling results we present in this thesis indicate which parameters 
or conditions are relevant for the style of continental extension. Reversely, the re
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sults of this thesis should be helpful in determining the type of obseIVations that 
would put constraints on the physical conditions which are relevant in the context 
of continental extension. In present-day mountain belts, initiation of lithosphere 
scale asymmetries might be currently underway, and the results we present in this 
thesis provide a framework for interpretation of geological and geophysical obser
vations in these areas. 
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Samenvatting
 

De vorming van sedimentaire bekkens en passieve continentale marges is in veel 
gevallen het gevolg van extensie (uitrekking) van continentale lithosfeer. Het 
Noordzeebekken, de Rijnslenk en de Oost-Afrikaanse rift zone zijn voorbeelden 
van bekkens die door extensie zijn gevormd. Wanneer continentale lithosfeer sterk 
wordt opgerekt en verdund, breekt een continentale plaat doormidden en ontstaat 
een nieuwe oceaan. 

Meer dan een decennium geleden werden twee modellen voorgesteld voor het 
proces van continentale extensie die nog steeds van groot be1ang zijn. Het eerste 
model werd in modelvorm geformuleerd door McKenzie (1978), en hierin werd 
aangenomen dat de coaxiale rek-deformatie uniform met de diepte verdee1d is (zie 
figuur I in hoofdstuk 1), d.w.z. net als een stuk kauwgum dat wordt uitgerekt. Dit 
zogenaamde "pure shear model" is daarom volledig symmetrisch om een verticale 
as. Het andere model werd voorgesteld door Wernicke (1981), waarin werd 
aangenomen dat de gehele lithosfeer doorsneden is door een vlak hellende breuk 
(figuur 2 in hoofstuk 1, zie ook figuur I in hoofdstuk 8). In dit zogenaamde "sim
ple shear model" word extensie geaccomodeerd door schuifbeweging langs de 
breuk, waardoor de stijl van extensie sterk asymmetrisch is. Het belangrijkste 
nadee1 van deze modellen was dat ze voomamelijk beschrijvend van aard waren en 
dat een grondige fysische onderbouwing vooralsnog uitbleef. 

Veel (wetenschappelijke) energie is sinds het verschijnen van deze publicaties 
gestoken in het beschrijven van verschillende extensiegebieden in termen van het 
pure shear model of het simple shear model. Het bleek dat, voor zover dit op basis 
van observaties aan het oppervlak bepaald kon worden, het pure shear model een 
goede beschrijving was van de deformatie onder sommige sedimentaire bekkens en 
passieve marges, terwijl het simple shear model een goede beschrijving was onder 
andere bekkens en passieve marges. Relatief weinig aandacht werd tot nu toe 

besteed aan de vraag wat de fysische condities zijn die leiden tot ofwel 
grootschalige pure shear extensie ofwel simple shear extensie op de schaal van de 
hele lithosfeer. Het is met name dit aspect dat wordt belicht in mijn onderzoek naar 
lithosfeerdeformatie in de context van de vorming en evolutie van sedimentaire 
bekkens en passieve marges. 

In dit proefschrift wordt uitgegaan van krachten die op continentale lithosfeer 
werken om, via de materiaaleigenschappen van de gesteenten waaruit de lithosfeer 
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is opgebouwd, de deformatie van de lithosfeer af te leiden. In hoofdstuk 2 bepalen 
we een bovengrens voor de aan te leggen krachten, door uit de seismiciteit in de 
Indo-Australische plaat de magnitudes van de aldaar heersende spanningen af te 
leiden. Uit observaties van hoge seismiciteit en van golvingen in de oceanische Ii
thosfeer werd eerder afgeleid dat de spanningen in deze plaat hoog zijn vergeleken 
met andere oceanische gebieden. De resultaten van dit onderzoek tonen tevens aan 
dat de hoge spanningsmagnitudes in de Indische plaat, zoals die uit een model
studie gevonden werden door Clootingh en Wortel (1985), compatibel zijn met 
seismische observaties. 

Met behulp van een eindige-elementen methode wordt de thermische en mecha
nische evolutie van continentale lithosfeer kwantitatief onderzocht. Hierbij worden 
het sterk niet-Iineaire gedrag van elastische/ductiele/brosse gesteenten en de tem
peratuur- en drukafhankelijkheid van de materiaaleigenschappen geincorporeerd. 
Hoofdstuk 3 is een bondig overzicht van de belangrijkste vergelijkingen. Hier 
wordt uitgebreid ingegaan op details die specifiek zijn voor de modellering in de 
context van lithosfeerdeformatie. In dit hoofdstuk wordt geconcludeerd dat, op 
horizontale afstanden groter dan 500 km van plaatgrenzen, horizontale strain rates 
uniform met de diepte zijn. Dit resultaat is van fundamenteel belang voor het 
inzicht in extensieprocessen, omdat het aangeeft dat het pure shear model de "na
tuurlijke" wijze van extensie van continentale lithosfeer is. De implicatie is dat 
lithosfeer-doorsnijdende breuken en asymmetrische extensie onder relatief speciale 
fysische condities zouden mooten ontstaan. 

Deze id~n worden nader uitgewerkt in hoofdstuk 4, waarin wordt onderzocht 
of extensie van stabiele lithosfeer kan leiden tot initiatie van lithosfeer
doorsnijdende brooken en grootschalige asymmetrie. Het is bekend dat, wanneer 
zich reeds grootschalige zwaktezones in de lithosfeer bevinden, deze aanleiding 
kunnen zijn tot localisatie van de deformatie en asymmetrische extensie. In dit 
proofschrift worden daarom de fysische condities onderzocht die leiden tot initiatie 
van grootschalige zwaktezones (breuken), op de eerste plaats omdat uit geologische 
evidentie blijkt dat dit soort structuren niet altijd op mechanische discontinuiteiten 
ontstaan. Ben andere reden om geen aandacht te besteden aan de invloed van reeds 
bestaande zwaktezones is dat er een relatie is gesuggereerd in de literatuur tussen 
gebergtevorming en de daarop volgende grootschalige asymmetrische extensie. 
Deze relatie suggereert een verband tussen de mechanische en thermische rand
voorwaarden die worden geinduceerd door gebergtev~rming en de stijl van extensie 
en niet zozeer een verband met reeds bestaande zwaktezones. 

In de literatuur worden twee mechanismen aangedragen voor initiatie van asym
metrische extensie in stabiele lithosfeer, n.1. boudinage van de korst en lithosferi
sche mantel en localisatie van deformatie als gevolg van strain softening. Van bei
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de mechanismen wordt geconc1udeerd dat ze niet effectief zijn in het initi~ren van 
grootschalige breuken en asymmetrische extensie. De conc1usie van hoofdstuk 4 is 
daarom dat grootschalige asymmetrische extensie niet zal beginnen in stabiele li
thosfeer zonder reeds bestaande zwaktezones. 

In hoofdstuk 5 van dit proefschrift wordt onderzocht of grootschalige asym
metrische extensie het gevolg kan zijn gebergtevorming, intrusies, mantelplumes of 
van delaminatie van de continentale mantel. Uit de resultaten voIgt dat indien in
traplaat-extensie direct voIgt op een continentale verdikkingsfase, initiatie van 
lithosfeer-doorsnijdende breuken mogelijk is. Dit resultaat is in overeenstemming 
met observaties in het EgeiSch gebied (Griekenland) en de Basin and Range 
Province in de westelijke Verenigde Staten, waar grootschalige asymmetrische ex
tensie voorafgegaan werd door gebergtevorming. Ook is de voorspelde 
hellingsrichting van het breukvlak in overeenstemming met de waarnemingen in 
deze gebieden. Deze bevindingen zijn echter afhankelijk van de wijze waarop 
voorspanningen -veroorzaakt door de verdikkingsfase- met de diepte verdeeld zijn. 
Ben meer symmetrische stijl van extensie voIgt na intrusie van asthenosferisch 
magma in continentale lithosfeer waarop rekspanningen aangelegd zijn. Het effect 
van mantelplumes is dat de lithosfeer op een symmetrische wijze uitrekt en ver
dund wordt. Delaminatie van de continentale mantel kan leiden tot grootschalige 
asymmetrische extensie, afhanke1ijk van het moment waarop delaminatie optreedt. 

In de hoofdstukken 6 en 7 worden de modelparameters nader onderzocht waar
voor respectieve1ijk het continentale verdikkingsmechanisme en het delami
natiemechanisme voor asymmetrische extensie gevoelig zijn. 

Binnen het kader van de numerieke modellen is in dit proefschrift aangetoond dat 
asymmetrische extensie optreedt onder rede1ijk specifieke fysische condities. De 
modelresultaten ondersteunen de gevolgtrekking uit geologische observaties dat 
lithosfeer-doorsnijdende breuken en asymmetrische extensie het gevolg zouden 
kunnen zijn van een eerdere verdikkingsfase. Meer in het algemeen kunnen 
bepaalde geologische observaties een indieatie geven voor de condities die geheerst 
hebben voordat continentale extensie optrad. De modelresultaten gepresenteerd in 
dit proefschrift geven aan welke parameters of condities relevant zijn voor de stijl 
van extensie. Omgekeerd zouden de resultaten van de modelstudies een leidraad 
kunnen vormen voor het type waarnemingen dat noodzake1ijk is om de fysische 
condities tijdens extensie af te bakenen. Moge1ijkerwijs is het proces van initiatie 
van lithosfeer-doorsnijdende breuken op het moment gaande in verschillende 
gebergtegordels en kunnen geologische en geofysische waarnemingen in deze ge
bieden beter worden begrepen tegen de achtergrond van de modellen uit dit proef
schrift. 
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