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Abstract 

Mafic dyke swarms are common in Proterozoic continental 
crustal terrains. Although it is generally recognized that 
parallel mafic dyke swarms are formed in extensional 
tectonic settings and that they accommodate in the order 
of 10% of extensional strain, the tectonics and geodynamics 
of dyke swarm emplacement are poorly understood. 

Since observations suggest that the level of tectonic 
extensional stress required for dyke emplacement is less 
than that required for brittle failure or plastic flow, it is 
proposed that dyke swarm emplacement must be 
regarded as a crustal extensional deformation 
mechanism, rather than as a passive response to a 
tectonic event. In order to analyse the role of mafic dyke 
emplacement during continental crustal extension, it is 
necessary to understand the conditions that lead to dyke 
propagation under conditions representative for the 
crust. Exposed Proterozoic dyke swarms from the 
Vestfold Hills, East Antarctica, that were emplaced at 
intermediate crustal levels into granulite facies felsic 
crust, are studied with the objective to understand: [1] the 
specific conditions that led to arrest of exposed dyke tips; 
[2] the general conditions that are required for dyke 
propagation, and hence for the emplacement of a dyke 
swarm; and [3] the tectonic and geodynamic significance 
of mafic dyke swarm emplacement during continental 
crustal extension. 

The near-tip dyke geometries of frontal tips, horn tips, 
and an apophysis tip are analysed by the fitting of simple 
linear elastic fracture mechanics models to observed 
dyke shapes, using least squares regression techniques. 
Using M = 40 GPa as an estimate for the host-rock stiffness, 
estimates for the 'stationary' stress intensity factor at the 
arrested tips, Kstat' are in the range 164-545 MPa·m112, 

which is significantly higher than the range of the host
rock fracture toughness Kc under crustal conditions that is 
expected on the basis of available experimental data and 
theoretical models (Kc"' 1-50 MPa·m112) . The average 
driving pressure during emplacement of Fe-rich tholeiitic 
dykes is estimated at -40 MPa. All analysed tips are 
characterized by a decrease in driving pressure, due to an 
increase in dyke-normal host-rock stress, in the direction 
of propagation. For horn tips the host-rock stress 
gradient is due to the presence of an offset; for apophysis 
tips this gradient is due to the bending of the host-rock 
bridge; and for frontal tips this gradient is due to local 
perturbations in the stress field caused by previously 
emplaced dykes. 

Around arrested dyke tips, 'stationary' process zones 
occur that are characterized by macroscopically visible 
sets of parallel intercrystalline fractures. The width of 
these process zones, measured in a direction normal to the 
dyke surface, is in the range 0.09-0.35 m. Relic 'dynamic' 
process zones that were formed near the propagating 
dyke tip are exposed at the contact of the dykes. They are 
characterized by a lower intensity and smaller extent of 
deformation structures than the stationary process 

zones . The dynamic stress intensity factor Kd n during 
propagation is estimated from the ratio betwee~ the size 
of the dynamic and stationary process zones at -29 
MPa·m112. This is assumed to be equal to the fracture 
toughness Kc under the conditions of emplacement. 

The observation that Kstat >> Kdyn implies that the 
main resistance to dyke propagation is due to viscous 
magma flow, rather than to the fracture toughness of the 
host-rock, confirming predictions by other workers 
on the basis of theoretical considerations. Other workers 
had also predicted that the high pressure drop associated 
with the flow of viscous magma into a tapering tip may 
lead to the formation of a vapour phase by exsolution of 
volatiles. This prediction is confirmed for the tholeiitic 
dykes of the Vestfold Hills, where the presence of a C02-

and H20-bearing vapour phase is indicated by: [1] 
abundant carbonate and biotite in breccia phases ahead of 
the solidified magma in arrested dyke tips; [2] the 
presence of carbonate as a lining on sealed fractures and 
as inclusion trails along healed microfractures in 
phenocrysts and in microfractures in the host-rock 
adjacent to the contact; [3) the presence of biotite as a 
filling of intercrystalline fractures; [4] the presence of 
carbonate aggregates in arrested dyke tips that may 
represent bubbles that were formed during propagation; 
and [5] the presence of amphibole in the groundmass of 
the solidified magma at the dyke tip. The volatiles in the 
vapour phase are probably derived both from the magma 
by exsolution and from the host-rock by assimilation. 

Dyke propagation arrest occurs when the bulk 
flow of magma into the tip is blocked by solidification. 
Residual magma continues to flow between the crystals to 
the low-pressure region at the tip. This leads to: [1] 
pressurization and inflation of the tip; [2] an increase of 
the stress intensity factorfrom Kdyn to Kstat; [3] an increase 
in size and intensity of the stationary process zone; [4] 
segmentation of the arrested dyke tip; and [5] chemical 
differentiation due to crystal-liquid fractionation between 
the central and frontal regions of the arrested tip. 

After propagation arrest, a zone of solidified magma 
in contact with the breccia phase is invaded and 
chemically altered by hydrothermal fluids, derived 
from the breccia phase. Locally, these fluids are intruded 
into the solidified magma as tensional veins as a result of 
contraction associated with solidification and cooling. 
Hydrothermal alteration leads to: [1] the removal of 
oxide and sulphide grains from the crystallized magma; 
[2] the crystallization of an ilmenite selvage at the contacts 
of the breccia phase and along the veins that emanate from 
it; [3] the crystallization of Fe-oxide and various 
sulphides within the breccia phase; and [4] the 
disappearance of amphibole from, and the 
crystallization of biotite in, the solidified magma. 

A simple model for propagation arrest due to the 
blocking of magma flow by solidification is proposed. 
This model leads to a propagation criterion that 
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states that dyke propagation is arrested when the 
propagation velocity decreases below a critical velocity 
Vc, which is a function of the temperatures and the 
thermal parameters of the host-rock and the magma, and 
of the near-tip dyke geometry. For a typical Fe-rich 
tholeiitic dyke from the Vestfold Hills, the minimum 
bound on the critical propagation velocity is estimated at 
-1 mm/s. This velocity is too high for non-brittle 
deformation mechanisms to play a role during dyke
fracture propagation. 

Dykes propagate in the plane of smallest 
compressional principal stress cr3 . Regions of high 
cr3 form stress barriers to dyke propagation. In a 
parallel dyke swarm, cr3 is equal to the lithostatic stress 
minus a tectonic extensional stress . Since dyke 
emplacement tends to relax the tectonic extensional 
stress, the consistent orientation of individual dykes 
implies that the extensional tectonic stress must be 
continuously renewed during the emplacement of a dyke 
swarm. Local propagation arrest occurs near the tips of 
previously emplaced dykes, and the in-plane geometry of 
an individual dyke in a dyke swarm is likely to be 
complex. 

The Fe-rich tholeiitic dyke swarms in the Vestfold 
Hills are characterized by the parallelism of horns at 
offsets and of fractures in stationary process zones, 
implying that the extensional tectonic stress exceeded the 
driving pressure. This is consistent with the fact that Pe
rich tholeiitic magmas were negatively buoyant in the 
felsic Vestfold Hills crust. In contrast, high-Mg tholeiitic 
magmas were positively buoyant, which is consistent 
with their occurrence as several types of zigzag dykes. 

A possible scenario for the formation of parallel Pe
rich tholeiitic mafic dyke swarms in continental crust 
involves the rise of an elongated vertical sheet of relatively 
hot asthenoshpere (mantle plume). Fe-rich tholeiitic and 
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volumetrically minor lamprophyric magmas are 
generated by decompression melting. Isostatic uplift 
along a linear belt over the upwelling asthenosphere 
results in a consistently oriented stress field . Since the 
cause of this stress field is the increased potential 
gravitational energy due to uplift, dyke swarm 
emplacement can accommodate crustal extension, but 
cannot in itself relax the extensional stress field. 

In contrast, the high-Mg tholeiitic dyke swarms were 
emplaced under conditions of mild extensional tectonic 
stress, and therefore did probably not form over a rising 
mantle plume. Instead, they may have formed at active 
plate boundaries. 

The Proterozoic geodynamic evolution of the 
Vestfold Hills was characterized by the near
contemporaneous emplacement of an Fe-rich and a 
high-Mg tholeiitic mafic dyke swarm at -2.4 Ga 
following a crustal thickening event at -2.5 Ga; 
emplacement of a high-Mg tholeiitic dyke swarm at 
-2.2 Ga; and emplacement of Fe-rich tholeiitic dyke 
swarms at -1.78 Ga, -1.38 Ga and- 1.25 Ga, and a 
compressional tectono-metamoorphic event at- 1.0 
Ga. The last two dyke swarms have near-identical 
geochemical characteristics, and were emplaced in a 
crustal stress field characterized by a consistently E
W-directed extension. Emplacement of the 1.38 Ga 
dyke swarm was preceded by brittle and ductile 
normal faulting and the emplacement of 
volumetrically minor lamprophyric dykes in an 
identical stress field. The geochemical and structural 
similarity between Fe-rich tholeiitic dyke swarms 
that are separated in time by over 100 Ma suggests 
that the orientation of crustal stress as a response to 
mantle plume impingement may be controlled by 
lithospheric structure that is inherited from previous 
tectono-magmatic events. 



viii 

Samenvatting 1 

Mafische gangen worden gevormd wanneer magma met 
een basaltische samenstelling indringt in de aardkorst. 
Gewoonlijk zijn mafische gangen tussen de 1 en 20 meter 
dik en vormen zij parallelle stelsels die een gebied van 
miljoenen vierkante kilometers kunnen beslaan, 
waarbij de gangen tussen de 1 en 10% van het gesteente 
uitmaken. In Oost Antarctica, in de Vestfold Hills, komen 
vele elkaar doorsnijdende gangenstelsels voor met 
ouderdommen tussen de 2500 en 1245 miljoen jaar. Ten 
tijde van het indringen van deze gangenstelsels lag het 
tegenwoordige aardoppervlak op een diepte van tussen 
de tien en twintig kilometer. Het hier hoven gelegen deel 
van de aardkorst is door erosie verdwenen. Van 
geologisch jongere gebieden is bekend dat parallele 
mafische gangenstelsels kunnen fungeren als 
transportkanalen voor magma naar de aardoppervlakte, 
waar het als lava uitvulkanen uitstroomde over gebieden 
met een doorsnede van rond de 1000 kilometer en waar de 
totale dikte van de uitgestroomde lava enkele kilometers 
is. (Een voorbeeld zijn de Deccan Traps in India.) Omdat 
het bovenste deel van de aardkorst in de Vestfold Hills 
door erosie is verdwenen, is niet te achterhalen of de 
gangenstelsels ook hier ooit tot het aardoppervlak 
hebben gereikt. 

Het doel van dit proefschrift is het beschrijven 
van het intrusie (indringing) mechanisme van 
mafische gangen in de aardkorst, en van de rol die 
gangenstelsels spelen tijdens het uitrekken van de 
aardkorst zoals dit bijvoorbeeld gebeurt voorafgaande 
aan het opbreken van continenten. 

Theoretische beschouwingen van het intrusie 
mechanisme van mafische gangen zijn in de geologische 
literatuur uitgebreid voorhanden. Veld observaties, d ie 
noodzakelijk zijn om theoretische modellen te 
toetsen, zijn echter zo goed als afwezig. De gangenstelsels 
in de Vestfold Hills zijn bijzonder geschikt voor veld 
observatie omdat hier- in een kaal rotslandschap waar 
de ijskap enkele honderdduizenden jaren geleden is 
teruggetrokken, en da tin opperv lakte vergelijkbaar is met 
de Haarlemermeerpolder-de relatie tussen de gangen 
onderling en tussen de gangen en het nevengesteente 
uitzonderlijk goed te bestuderen is. Omdat het bovenste 
deel van de aardkorst is afgeerodeerd kun je in een gebied 
als de Vestfold Hills als het ware diep in de aardkorst 
kijken. 

Een gang wordt gevormd wanneer magma in een 
breuk dringt waarbij het nevengesteente aan weerszijden 
uit elkaar wordt gedrukt. Een eerste vereiste hiervoor is 
dat de vloeistofdruk die het magma op de breuk uitoefent 
groter is dan de spanning die het nevengesteente 
ui toefent. De spanning in het nevengesteente bestaat uit 
de lithostatische druk die evenredig is met het gewicht van 
de bovenliggende gesteentekolom, verminderd met een 

horizon tale rekspanning die gerela teerd is a an 
grootschalige tektonische bewegingen van de aardkorst. 
Propagatie (voortplanting) van de breuk vindt plaats 
doordat het openen van de breuk aan het uiteinde (de tip) 
een dusdanige spanning teweegbrengt dat het gesteente 
voor de breuk uit als het ware wordt opengescheurd. 
Doordat de druk in de zojuist geopende tip zeer laag is 
stroomt magma naar de tip, waardoor de druk hier 
toeneemt, de tip van de breuk zich verder opent, 
enzovoorts. De breuk waarin de gangindringtwordt--op 
enkele uitzonderingen na-door hetmagma zelf gevormd. 

Het vormen van een gang is enigszins vergelijkbaar 
met het vormen van rekbreukjes en scheuren in de muur 
van een huis, met dien verstande dat in het geval van een 
gang de vloeistofdruk die door het magma wordt 
uitegoefend noodzakelijk is om de breuk open te duwen, 
en da t het v loeigedrag van het magma en het afkoelen en 
uitkristalliseren van het magma een belangrijke rol 
spelen. In dit proefschrift wordt dan ook gebruik 
gemaakt van theoretische en praktische kennis vanuit 
de breukmechanica, gecombineerd met vloeistof 
mechanica, warmteleer, en magma kristallisatie theorie. 

Tips van gangen die in het veld ontsloten zijn, zijn 
gestopt met propageren (gearresteerd). Indien de 
specifieke condities die tot propagatie arrest leidden 
kunnen worden gereconstrueerd, is het in principe 
mogelijk daaruit de meer algemene condities voor 
propagatie van een gang door de korst af te leiden. 
Observaties beschreven in hoofdstuk 4, 5, en 6leiden 
tot het volgende inzicht. Anders dan bij een gewoon 
rekbreukje in gesteente, zoals in een laboratorium 
opstelling (zie Fig. 2.21), is voor een gang de 
voortplanting vrijwel onafhankelijk van de taaiheid 
(fracture toughness) van het gesteente. De 
voortplantingssnelheid van een mafische gang wordt 
gecontroleerd door de viscositeit (stroperigheid) van het 
magma, en ligt waarschijnlijk tussen de gemiddelde 
snelheid van een rij bij het postkantoor en die van een 
sprintende atleet. (Ter vergelijking, een rekscheurtje in 
gesteente in een laboratorium opstelling of in het 
cilinderblok van een auto, waarbij de hoge druk die op 
grote diepte heerst afwezig is en waarbij geen vloeistof 
druk noodzakelijk is voor propaga tie, plant zich voort 
met een snelheid vergelijkbaar met die van een 
supersonisch vliegtuig.) 

De lage druk in de tip van een propagerende gang 
leidt tot de vorming van een dampfase die voornamelijk 
uit stoom en kooldioxide bestaat, en waarin kleine 
fragmentjes van het nevengesteente worden 
meegevoerd . 

Wanneer de propagatie snelheid te langzaam is, 
kristalliseert een deel van het magma in de tip uit, wat 
leidt tot propagatie arrest. Voor korte tijd stroomt een 

' Deze samenvatting is geschreven voor hen die niet geologisch onderlegd zijn. Het is daarom geen directe vertaling van de engelse 
samenvatting, maar een 'populaire' beschrijving die, naast de observaties en conclusies van dit proefschrift ook enkele processen en 
begrippen uit de literatuur bevat. 
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restsmelt nog tussen de kristallen in de richting van 
de tip met het gevolg dat: [1] de tip wordt 'opgepompt'; 
[2] parallelle sets van micro breukjes ontstaan in het 
nevengesteente in de directe omgeving van de 
gearresteerde tip (process zone); en [3] de chemische 
samenstelling van de gearresteerde tip afwijkt van 
die van de 'normale' samenstellingvande gang. Deafstand 
waarover de chemische variatie optreedt is in de 
orde van millimeters tot centimeters, en de grootte van 
de process zones is enkele tientallen centimeters. 

De dampfase en de gesteente fragmenten vomen een 
breccie fase in de gearresteerde tip . Na afkoeling vormt 
zich een hydrothermale vloeistof, die vanuit de breccie 
fase in het nabijgelegen gestolde magma dringt en in een 
zone van een fractie van een millimeter dikte een 
chemische verandering teweeg brengt. 

Een mogelijk scenario voor het onstaan van mafische 
gangenstelsels is als volgt. Een mantel pluim, bestaande uit 
een zeer groot lichaam van mantel gesteente met een 
omgekeerde druppel vorm, dat warmer is dan de 
normale mantel temperatuur (1200-1500 oq rijst-denk 
aan een heteluchtballon---omhoog van een grote diepte in 
de aardmantel (500-2000 km) . Dit gebeurt in de 
asthenosfeer; dat gedeelte van de aarde, op een diepte 
groter dan 100-200 kilometer, waar de temperatuur 
dicht bij het smeltpunt ligt en het gesteente plastisch 
vervormt door 'vloeien', vergelijkbaar met het 

vloeigedrag van taaie stroop, maar met een snelheid die 
miljoenen malen lager is . Over een tijdsbestek van 
tientallen miljoenen jaren rijst de mantel pluim tot 
a an de basis van de lithospheer. Dit is het bovenste gedeelte 
(100-200 km) van de aarde, bestaande uit de bovenmantel 
en de korst. Door de lagere temperatuur vervormt de 
lithosfeer op een fundamenteel andere manier dan 
de asthenosfeer, en kan worden voorgesteld als een min 
of meer brosse, enigszins buigbare, dikke schil. Wanneer 
de mantel pluim de basis van de lithosfeer bereikt 
begint zich eensmeltfasetevormenmeteen ultramafische 
tot mafische samenstelling.1 Deze smelt is Iichter dan het 
omgevende mantel gesteente, maar zwaarder dan de 
korst, en verzamelt zich in magma kamers aan de basis 
van de korst (20-40 km diepte). De hete mantel 
pluim, door haar relatief lage soortelijk gewicht, 
duwt de lithosfeer omhoog wat een tektonische 
rekspanning veroorzaakt. (Vergelijk de tegenwoordige 
situatie in Oost Afrika, waar de flanken van de Grote Rift 
op een hoogte van 2000-4000 meter liggen.) Door de 
rekspanning kan het relatief zware magma als gangen in 
de aardkorst dringen. De vorming van een parallel 
gangenstelsel duidt erop dat de rekspanning in de 
aardkorst een constante orienta tie heeft, wat op haar 
beurt impliceert dat het opgeheven gebied, en dus de 
mantel pluim, een horizontaal langgerekte vorm 
hebben. 

' Onder normale omstandigheden zijn zowel de aardkorst als de mantel in 'vaste' toestand. 



X 

Table of contents 

Acknowledgements ............. ..... .. ..... .................. .. ... ............. ......... ............................ .. .............. .. ........ .... ... .... .. .................... ... v 

Abstract ...... ...... ...... ... ... ...... ... ....... .................... .... .... ............ ................ ............ ................. .......... .......... ....... ..... ..... ................. vi 

Samenvatting .. .... ........ ....... ............... .......... ... .... ...... .............................. ... .... ........................ .................. .......................... ... viii 

Chapter 1: Introduction .... .. ....................... ............. .......... .... ............. ......... ... ......................... ....... .................................... .... . ! 

1.1 Problem definition and aim of this study ...... ........... ............... .................... ......................... ......... .................. ! 
1.2 Approach ............ ..... ....... ............. ......... ................ .................... ................................... ....... ................ ................... 1 
1.3 Nomenclature of dykes .......... .... .... .... ............ ....... ....... ...... .......... ............................ .... .. .......... ...... ... .................. 2 
1.4 General aspects of dyke swarms .. ... .... ......... ... ........ ..................................... .... ... ......... .... ... .... .................... ...... 3 

Thickness and length .. ........................ .......................... ............. ............... ................. ........ ..................... 3 
Dyke geometry and propagation direction ................ .. ....................................................... ... ............ . 3 
Injection into pre-existing joints vs. newly formed fractures ...... .............. .................... ........ ........... 3 
Propagation velocities .......... ........ ...... ................. ............ ....................... .. ........................ .. .. .. .............. .. 3 
Volumetric magma flow rates ................ .. .............. .............................................................. ................. 3 

1.5 Organization of this thesis ............................................................. ................... .... ................................. ............. 4 

Chapter 2: Theory of dyke emplacement: an overview ...... ... ..................................................... ........ ............................. 5 

2.1 Introduction .. .............................................................. .. .. ...................................................... ........... ..................... 5 
2.2 Elastic resistance: the stationary dyke model .................................................................................................. 6 

2.2.1 Model dyke geometry and loading condition .................................................................... ................ 7 
2.2.2 Stress and pressure ................. ....... .. ... ..................................................................................................... 7 
2.2.3 LEFM solutions for stress and displacement ................................ .......................... ............................ 8 
2.2.4 Dilation profile .......... .......... ......... ............... .... ............................................................. ....................... ..... 9 
2.2.5 K and stress singularity ..... .................................................................................................... ... .. .......... 11 
2.2.6 Elastic stiffness of crustal rocks ............................ .... .... .. ...................... .............................................. 12 
2.2.7 Validity of LEFM model .... ..................... ........... .............................................. .................................... . 12 

LEFM stress field .................................. ........ ............................................................ .......... ................ ... 13 
Thermo-elastic deformation ........................................ .... .. ........ ........................................ ... ............... 15 
Brittle deformation ......... ... .. ...................... .. ................................................................................ .......... 15 
Creep ........................ .. .. .... ........ .......... .. ........................................ ....... ............................ .............. ........... l7 
Effect of crystallization and cooling .......................... ............... .... ....................... ................. ..... ......... 17 

2.2.8 Concluding remarks ......... ... .................................................... .. ...... .. ...... ................................. ....... .... . 17 
2.3 Propagation balance ...... ... ... ...... .............................. ........................ ...................... ............... ......... ........ ............ 18 

2.3.1 Propagation criterion ................................................................................ ............ ............ ........ ............ 18 
2.3.2 Experimental fracture toughness data ..................... ................ ........ ... ........................ ....................... 19 

Experimental set-up ........ ......................... ............................... .................... ................................ .......... 19 
Effects of composition and confining pressure ...................................................... ........ .................. 19 
Effect of temperature ........ ................................................ .. ...................... ................................ ......... ... 20 
Effects of microstructure and grain size ......... ........ ................ ........ ....... .................. ...... .................... 20 

2.3.3 Micromechanics of propagation .......... ........... ................ ....... ............................................................. 21 
2.3.4 Frontal zone model ........................................................................ ........ ........ ....................................... 22 

Role of crystal-plastic deformation .................................................................... ...... ........ ........ ... ... .... 24 
2.3.5 Cohesion zone model ................. ........... ............ .. .................. ...... ............................ ............... ........... ... 24 
2.3.6 Types of fracture propagation .... ........ .................. ....................... ....................... ................................. 26 
2.3.7 Applicability of K-criterion ...... ... ............................... ...... .............................. ......... ................. ............ 26 

2.3.8 Discrepancy between K and Kc ····································· ·································································································26 
2.3.9 Concluding remarks .... ..................... ......... .............................................................. ............. ................ 27 



Table of contents 

2.4 Viscous flow resistance ooooooooooooooooooooooooooooooooOOOOOOOOOOOOOOOOooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooOOOOooooooooooooOOOOOOOoo27 
2.401 Viscous flow of basaltic magmaoooo oo oooooooo oooo ooooooooo ooo oo oooooooooooooooooooooooooooooooooooooooooooooooooooooo oooooooo oooooooooooo27 
2.402 Magma vapour phase oooooooooooooooooooooooooooooooooo00ooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooo28 
20403 Dynamic model for dyke emplacement oo 000000 oooooooooo oooo oooooooo oooooooooooo oooo oooooooo oooooooooooooooooo oo oooo oo oooooooooooo29 
2.404 Resistance due to viscous flow vso resistance due to fracture toughness 00000000000000000000000000000000000031 
2.4o5 Comparison with hydro fracture experiments oooooooooooooooooooooooooooooooooooooooooooo oooooooooooooo oooooooooooooooooooooo oo 31 
20406 Concluding remarks oooooooooooooooooooooooooo oo oooo oooo ooo ooooooooooooooo oo oooo oo oooooooooooo oooooo ooooooooooooooooooooooooooooooooooooooooooooo32 

2.5 Heat balance 0000 00 00 0 0 000 00 0 00 000 000 00 00 0 0 00 00 000 0 000 000 0000 00 000 000 00 0 0 00 000 0 00 0 000 00 00 00 00 00 000 000 0000 00 000 000 0 0000 00000 0000 00 00 000 000 00 00 000000 000 00 0 00 00000000 00 32 
2.501 Solidification and host-rock temperature distribution ooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooo33 
20502 Critical propagation velocity oooo oooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooo oooooooooo oooooooo ooooooo ooooooo oo ooo34 
20503 Effect of magma flow oooo oo ooooooooooooooooooooooooooooooooooooooo oooooooooooooo ooooooooooooooooooooooooooooooooooo oooooooooo oooooooooooooooooooo35 

Chapter 3: A classification of dyke-fracture geometry 
in the Vestfold Hills oooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooOOoooOOOOoooooOOoooOOOOooooooooooooooooooooooooooooooooooooooooooooooo ...... oooo oooooooooooooooo 37 

3°1 AbstractooooooOOoOOOOOOOOOOOOOOO OOOO OOOO OO oOOO oooOOOoOOOOOOOOOOO OOOO OO OO OOOOOOOO OOOO OO OO OOOOO OOOOO OO OOOOOO OOO OOO OOOOOO OOO O,OOOoooooooooooo oo oooo oooo oooooooooooooooooooo37 
3°2 Introduction oooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooo .... oo .. oooo .......... oooooo ooooooooooo ooooooo .. 37 
303 Relation to other work oooooooooooooooooooooooooooooooooooooooooooooooooooooooo .......... oo .. ooo ........ ooooooooooooooooooooooooooo oo oooo oooo oooo oo oooooooooo37 
3.4 Segmented fracture system and dilation vector field: terminology ...... oo .. oooooooooooooooo oo oooooo .... oo .. oooooooooo .. oo .. 38 
3.5 Structures related to the dilation of segmented fracture systems oooooooooooooooooo .... oo .. oooooooooooooooooo oooooooo ooooooooo38 
306 A classification of segmented fracture systems oooooooooooooooooooooooooooooo oooo oooooooooooooooooooooooooooo oo .. oo .......... oooooooooo .... 40 

Irregular dykes oooooooooooooooooooooooooooooooooooooooo oooooooo ooooooooooo ooooooooooo oo oooo oooooooooooooooooooooo .. ooo oooooooo oooo ooooooooooo .... ooo .. 40 
Braided dykes ooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooo oo ooooooooooooooo oooooo 41 
En-echelon dykes ooooooooooooooooooooooooooooooooooooooooooooooooooooooooo0ooooooooooooooooooooooooooooooooooooooooooooooooooooo ooo oo oo ooooooooooooo41 
Zigzag dykes ooooo ........ o .. oooooooooooo ............ oooooo00ooooooo0oooooooooo ...... o .. o .... o .......... o .... o .......... o .. ooooooooooooooo ooooooooooooo42 

307 Zigzag versus en-echelon oo ooooo ooo oooooo ........ o .............. o .... oooooooo ...................... ooo .................. o .. ooooo ooooooooooooooooooo oo .... o43 
308 Irregular segmentationo oooooooo oooOoooooooooooo oO ooooo OO Oo OoOoo OOOOOoooOOo oOOOooOOOOOOOooooOOOO oOOo OoOOOO oOooO OOOOOO Ooooooo oooo oo ooo oo oooo oooooooooooooooo oo 45 
309 Segmentation related to cross-cuts .... o ...... o .. oo ............ o .. oooooooooooooo ........ ooo .... oo ........ oo .... .,ooooooooooo .......... o .... ooooooooo45 
3010 Conclusions oooo ooooooo0o 0oooooo ooooooo oo ooooo oooo oo oooo oo ooooo oooooooooooooooooooo oo ooo oooo oo ooooooooooooooo oooo oo ooo oo oooooo oo ooooooooo ooooooooo oo oooooooo ooooooooo 47 

Chapter 4: Mechanisms of dyke propagation and arrest I. An analysis of dyke tip geometry .............................. 49 

4o1 Introduction oooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooo .... o .. ooo .... o49 
402 Geometrical analysis of mafic dykes .................... o .. oooooooooo .......... o .... o .. ooooooooo ................ oooooooooooooooo ...... o .... o ...... 49 

Corrections of initial estimates .... o .... o .. oooo ........ o .. o .. .. ...... .. o .... o ...... o .. o ........ o .. oooooooo ooooooo .... oo ........ o ...... o .... 51 
403 Results oooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooOOoOO Oooo oooOOooo oooooooooooooOOooooooooooooooooooooooooooOOOoooooooooooooooooo52 

40301 Frontal tip A ........ o .. o .................... o .. ooooo .................. ooo .......... o ................ oooooooo .... o .. ooooooooo ............ o .. o .......... o52 
LSR analysis of tip A oooooooooooooooo .... o .. ooo ........ .. o .. ooooo .... o ........ oooooooooo o .... o .............. o .................... o .... o ...... o .... 52 
Effect of choice of L .... o .......................... o ........ o .. ooooooooooooooooo .... o ............ o .. oooo .......... oo ........ o .. o .... o ........ o .... o56 
Results oooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooo ooooo ooooooooooooo ooooo OO oo oooooooooooooooooooooooooo oooooo oooo ooooo ooo56 

4.302 Hom tip B ............ o .. ooooooooooooooooooooooooooooooooooooo .................... .... o .. o .............. oo ............ o ............ o .. oooo ........ o ...... 56 
40303 Apophysis tip C .... o ...... o .... o .. o ........................ o .. o .. ...... o ...... o .... o ...... o .... o ...... o .... o .. ooooooooooooooooooooooooo ............ o56 
40304 Frontal tip D oooooooooooooo oo oooo ........ o .. o .... o ............ o .. oooooooo ............ o .. o .... o .... o .............. o .. o .......... oo ...... o .... o ........ ooo56 
40305 Hom tips F and G oooo ........ o .. ooooooooooooooooooooooooooo oooooooooo oooo ........ o .. o .................. oooooooooooooo ............ o .. ooooooooooooo oo58 

404 Discussion ooo ooo oooo oooooooooooooooooooooooooooooooooooooooooooooooooooooooo oo ooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooooo58 
40401 Driving pressure gradients near hom tips .............................................. oo ...... oo .............................. oo59 
40402 Driving pressure gradients near apophysis tips .............. ............ oo .. oo ...... oo ...................................... 60 

Stress gradients due to bending ................ o .. o ............ o .. ooooooooooooooooooooooooooooooooooooooooooooooooooo oooooo ........ o .... o62 
Stress gradients due to heating ........ o .. oooooooooooooooooooooo ........ o .. oooooooooooo ........ o .... o .......... o .... o .. oooo .............. o62 

40403 Driving pressure gradients near frontal tips ...................................................................... oo ............ 62 
Magma pressure gradient ooooooooooooo ...... o .. oooooooooo .... o .......... o .... o ........ o .. ooooooooooooooooooooo .............. o .... o .... .... ooo 62 
Host-rock stress gradient .... o .. ooooooooo ............ o .. ooooooooooooooooooooooooo""""0"""0""0""0"""""0""""0"0"""0 .... 063 

4.4.4 Average driving pressure and tectonic stress ...... oo .......................... oo .............................................. 63 
4.405 Effect of stress gradient on propagation .................. oo .............................. oo ...... oo .. oo .......................... o64 

4o5 Conclusions .......... oooooo ........ o ........ o .. ooooooooo .... .. o ........ o .. ooooooo 0000000000 00000000000000000000""" 00""""0"0"""0"0"0"0""""0"""00 64 

xi 



xii Table of contents 

Chapter 5: Mechanisms of dyke propagation and arrest II. 
An analysis of deformation structures adjacent to the contacts and near arrested tips of solidified dykes ......... 69 

5.1 Introduction ..... ... .............. ...... .. .. ....... .. ... ..... ......... .. .. .. .......... ........... ....... .............. ....... ... ..... ................... ..... ....... 69 
5.2 Observations .............. ...................... .. ............ ............... .... ............ .... ........... .. .............................. ........ ............... 69 

5.2.1 Macroscopic process zones .. ....... ..... .. ................ ..... ... ..... ....... .. .. ...... .. ..... ... ............ ........ .................... .. 69 
Segmentation of the dyke tip ............................................................................................................... 70 

5.2.2 Microscopic deformation near arrested tips .............. .......... ............ .... ...... .... .. .................. ...... ......... 71 
5.2.3 Deformation adjacent to dykes ................................. ........... ...... .. ...................................... ........... ...... 73 
5.2.4 Deformation at offsets ............................. ....... ......................... ....... ........................ ................ .............. 73 
5.2.5 Brecciation .. .... ........... ............ .... ....................... ....................... ... ........... ........... .. ...................... ... ......... .. 73 
5.2.6 Carbonate and biotite .. ...................................................... .... .. ....... ............ ..... ..................................... 74 

5.3 Discussion ...... ............ .................. ................ ...... ............ ........ ....... ......................... ....... ........ ........ ...................... 74 
5.3.1 Stationary vs. dynamic process zone ..... .............. .............................................. ......... ....... ... .. ............ 74 
5.3.2 Frontal zone model vs. cohesion zone model .................................................................. ...... ........... 75 
5.3.3 Tectonic stress .... .. ... ..... .. .................................................................................. .. .................................. .. 76 
5.3.4 Resistance to propagation .... ........ ................................... ...... .... .... .... .... ... ...................................... ...... 76 
5.3.5 Vapour phase .. ...................................................................................................................... ........ ......... 76 
5.3.6 Cause of propagation arrest .......... ..................................... ...................... ......... ....... ................. ...... .. .. 77 

5.4. Conclusions .................................................................................................. .. .. .. ................................................. 77 

Chapter 6: Mechanisms of dyke propagation and arrest III. An analysis of dyke tip geochemistry .. ...... ............ 79 
6.1 Introduction ......... ....... ................................................ ........................ ..................... ... .............................. .......... 79 
6.2 Analytical methods ............................................................................................................ ................................ 79 
6.3 Compositional variation ...... ........ .. ................ ................................ ............. ... ................................................... 80 

6.3.1 Variations in groundmass assemblage .................................... .................... ...................................... 80 
General zonation at arrested tips .......... ........... ................................................................................... 80 
Apohysis tip C ......... ....................... ................................................ ................. ...................................... 80 
Normal dyke contacts .............................. ............................................................................................. 81 

6.3.2 Major element variation ...................... ............... .................................................................................. 81 
Bulk-composition ............................................................ ........................................ .............................. 81 
Groundmass mineral composition ..................................................................................................... 83 
Host-rock assimilation ........................ ......... ................................................................. ........................ 83 
Fractionation due to residual flow ..................................................................................................... 83 

6.4 Breccia phases and alteration .... ..................................................................................................................... .. 85 
6.5 Vapour phase ........ ..... ..................... ............... ......... ................................................................ .. .......................... 88 
6.6 Conclusions .... .. ....................... ... .. ... .... ..... .......... .. .... .................. ......................................................................... 88 

Chapter 7: A Meso- to Neoproterozoic extensional-compressional tectonic cycle in East Antarctica .......... ......... 95 
7.1 Abstract .............. ................ ....... ........ ... .................. ... ........................ .... ... .............. .................. ............................ 95 
7.2 Introduction ........ .... ............ .. ...................... .. ....................... ............... .. ....... ................ ... ...... ............... .............. 95 
7.3 Tectonic setting of the Vestfold Block .................. .......... ........ .... ...... ............................ ............ .. .................... 96 
7.4 Early extensional features in the Vestfold Block .......... .... .................................... .... ...... .............................. 97 

Normal faulting and pseudotachylite formation ............................................................................ . 97 
Dyke emplacement ...................................... ................... .... ................................................................... 97 

7.5 Late compressional features in the Vestfold Block ...................................................................... ...... .......... 97 
Ductile shear zones during prograde and peak-metamorphic conditions .. ................................ 97 

7.6 A Meso- to Neoproterozoic P-T-time path for the Vestfold Block 
and a comparison with the Rauer Islands ........ ........................ ...................... .............. .............. ........ ...... ..... 98 

7.7 Discussion ............................................ .......... ....... ..... .... ... .................................................................................. 99 
7.8 Conclusions .......... .............. .............. .................... ................ ............................................... ... .. .. ..... .................. 100 



Table of contents xiii 

Chapter 8: Continental mafic dyke swarms as tectonic indicators .......................... ...... .. .. ........ ........... ..................... 101 
8.1 Abstract .......... ................. ..................................................... ................ ......... ..... ........................... .............. ....... 101 
8.2 Introduction ........................ ................ ........ .... ..... ............................... .. ...... ........ .................................. .. .......... 101 
8.3 Geological setting, chronology and geometry of mafic dyke swarms ......... ................... ............... .. ....... 103 
8.4 Geochemistry and petrogenetic constraints .................................................. .......... ................................. ... 104 

High-Mg Tholeiites .................... ................. ............. .......................... ............ ........ ..... .... ..... .......... ..... 104 
Fe-rich Tholeiites .................................. .. .. ... ............................................................. ........................... 105 
Lamprophyres ........................ ............................ ...................................................... ............... ............. 106 

8.5 Emplacement mechanism and structural constraints ........................................ ............ ........ .................... 106 
Crust and magma densities .. ........ ...... ....................................... ........................................................ 107 
Emplacement of linear dyke swarms ............................................................ ................................ ... 108 
Crustal stress field ..... ..... ................... ....... .................................................... ............. ................... ....... 108 
Constraints from cross-cutting geometries ..................................................................................... 109 
Emplacement of 2240 Ma norite complex and associated dykes ........ .... ................ .................... 111 

8.6 Discussion ................ ...... .............................................................................. ..................................................... 111 
Paleoproterozoic bimodal magmatism ............................. ........................................................... .... ............ 111 
Mesoproterozoic magmatic-extensional episode: 1.4- 1.2 Ga .. ............................................................... 113 

Chapter 9: Conclusions ..................... .................... ................... .. ........................................................................................ 115 

References .......... ............................................... ............................................................................................... .................... 117 

List of symbols ........................ .................. ............ ................................ ............................................................................... 127 

Appendix A: Mechanical parameters ................................................................................................................. ............. 130 
Elastic parameters .................... ................. ....... ................................................................................ ... 130 

Appendix B: Thermo-elastic deformation adjacent to dykes ......... ....................................... ........ ................. ... ...... .... 132 

Appendix C: Creep adjacent to dykes .............................................................................. ...................... ......................... 133 

Curriculum Vitae ......................................... ..................................................... ............................................ ........... ......... .. 134 

Table 4.1 .................... ................................................................................................................................................ ............ .. 65 
Table4.2 ......................................................................... ........... ............ ..... ........................................... ............................ ...... 66 
Table 4.3 .............. ............................................ ........................................ ...... .......... .............................................. .................. 67 
Table4.4 .... ........ ......................................... ................. .................................. .. .............................. ................ ........ .................. 68 

Table 5.1 ............................. ..................................................................................................................................................... 75 

Table 6.1 ............................................ ............................. ......................................................................................................... 91 
Table 6.2a .. ................................................ .. ............. ................ ....................... ........................................................................ 92 
Table 6.2b ................................................................................................................................................................................ 92 
Table 6.2c ..... ....................................... ................................. ....................... .................................... .. ...................................... 93 
Table 6.3a .................................................................. .................... ...................................................................................... .... 94 
Table 6.3b ................................. ......................................................................................... .................................... .................. 93 

Table 8.1 .............................................................................................. ................................................... ............................... 114 

Table A.1 ...................................................... ........................... .............................................................................................. 131 
Table A2 ................................................................................................................................................................................ 131 
Table A.3 ............................................................................................................................................................................... 131 



- ;.' ·:. 

--·· ._ ... ... .... 

c ... ~ ~ ...... ~ 

-~.-lM -:,~4- :· :.- ... ~<- - : ~ -~ . ' " · -~-.-.: . 
·.:-....._· . ... ·"·- - --·. · -, ·" .-

' · ... ....... 

:.,~ .. . .. , ... ~ 

. ·~· ... ~"' .., ... -.. .., ~- - \.o..· :~~- ·· · l.f .. ~· ., .. - -.. · .-.. ·- ~ - - · \._ . ..., -~ -s.;.. ... .,.,,<·.-... ""~.:..':\o · <c: ... '!~.;..- , . .• : _ _ , - ""':' . ' -"' ...:.: . - . • . .. • - ~- ~ ..f'""-:.k·;.. . . .. .. _,. 
--,~ :- "':..:.: -~;...r,;-A .. r- .·. :z. : - ~ · 
• • .':""~~ ;w JJ·• ._.,.. .... - -~,,~,.. ·--- ~-. ,· ..... _,.. ;·· "'·-·-r · ~ .. --'~ .... ~- - -..:._. __ 



Chapter 1 

Introduction 

1.1 Problem definition and aim of this study 

The aim of this thesis is to investigate the emplacement 
mechanism of mafic dykes and their tectonic significance 
in the continental crust. Dykes generally occur in the 
continental crust as sets of parallel dykes of similar 
composition and age, called continental mafic dyke 
swarms. These are common in Proterozoic terrains where 
they are generally exposed at intermediate to deep 
crustal levels, with the upper part of the crust eroded 
away (e.g. Fahrig, 1987). More recent examples are known 
as feeder systems under Phanerozoic flood basalt 
provinces such as the Deccan (e .g . Karkare and 
Srivastava, 1990), the Parana (e .g . Druecker and Gay, 
1987), and the Columbia River province (e.g. Atkinson 
and Lambert, 1990), or associated with passive 
continental margins such as the Tertiary Atlantic 
province (e.g. Speight et al., 1982) or the Red Sea-parallel 
dyke swarm (e.g . Voggenreiter et al., 1988). Occurrences of 
mafic dykes other than as continental dyke swarms 
include feeder systems of volcanic edifices over 
subduction zones (e.g. Japan, Goto et al., 1990) or over 
oceanic hotspots (e.g. Hawaii, Casadevall and Dsurisin, 
1987), and sheeted dyke complexes that form an integral 
part of newly generated oceanic crust (e.g. Sempere and 
Macdonald, 1987; Baragar et al., 1987). Although this study 
concentrates on continental mafic dyke swarms, many of 
the aspects of the propagation mechanism discussed 
here also apply to other settings. 

Many of the world's continental mafic dykes swarms 
have been documented in terms of age, composition, etc. 
(e.g. papers in Halls and F~hrig, 1987 and in Parker et al., 
1991). In contrast, relatively little is known about the 
tectonic or geodynamic conditions that led to dyke swarm 
generation, other than that they were emplaced in 
extensional settings (e.g. Fahrig, 1987). 

In many regions of continental extension, there is 
evidence for the generation of voluminous mantle 
derived magmas that are emplaced either at the base of 
the crust, into the crust, or onto the crust. In each of these 
cases, magma transport by dyke propagation is likely to 
play a role. Key problems in continental extension and 
break-up are : the type of deformation of the 
lithosphere in extension (brittle failure, ductile flow, or 
extension due to dyke emplacement); the conditions that 
lead to break-up; and the conditions that lead to the 
generation of basaltic magma. 

Dyke emplacement may play a significant, active 
role in lithospheric extension, as is illustrated by the 
following characteristics. [1] Continental mafic dyke 
swarms accommodate significant amounts of crustal 

extension, typically in the order of 10% over an area of 
thousands to millions of square kilometres (e .g . 
LeCheminant and Heaman, 1989) . [2] Dyke 
emplacement accommodates extension by the addition 
of material to the crust and therefore does not necessarily 
involve crustal thinning. [3] In most, if not all, cases, dyke 
emplacement is not accompanied by contemporaneous 
brittle faulting or ductile deformation of the host-rock, 
implying that dykes accommodated all finite strain and 
that dyke propagation occurs at lower levels of deviatoric 
stress than required for brittle faulting or ductile flow (cf 
Parsons and Thompson, 1991). [4] Where flood basalt 
sequences or mafic dyke swarms have been dated 
accurately, it is found that the intrusive or extrusive 
event was completed within a relatively short time span, 
in the order of several Ma (Hooper, 1990). These 
characteristics suggest that dyke emplacement may be a 
crustal deformation mechanism in its own right, 
accommodating all extension, a possibility that is 
investigated in this thesis. 

Mafic dyke propagation is analysed with the aim to 
constrain the conditions under which dyke 
emplacement can lead to significant crustal extension. 
This will involve a discussion of the mechanism of dyke 
propagation and arrest, the role of volatiles, the 
influence of pre-existing structures, the influence of the 
crustal state of stress, the relation between magma and 
crustal density, etc. 

1.2 Approach 

The fundamental processes that play a role in dyke 
emplacement include (e.g. Spence and Turcotte, 1985; 
Pollard and Segall, 1987; Lister and Kerr, 1991; Rubin, 
1993): elastic deformation of the host-rock; the 
propagation of tensile fractures in the host-rock; the fluid 
dynamics of viscous magma flow; cooling and 
solidification of the magma. Whereas the underlying 
physics of each of these processes are well understood, all 
processes are interdependent in a propagating dyke, and 
there are currently no models, either analytic or numeric, 
that provide a full description of the dynamics of dyke 
propagation. Nevertheless, the existing theory can be 
used to define approximate relationships between 
magma pressure, dyke geometry, and propagation 
velocity. In addition, processes that drive and resist 
propagation can be identified, from which conditions that 
may result in propagation arrest can be predicted. 
Because the available models involve considerable 
simplifications, field data are required to 'test' and 
constrain the theoretical predictions and relationships. 



2 Introduction 

Unfortunately, dyke propagation is a process that 
cannot be observed directly. In some cases, geophysical 
techniques can be used for the remote observation of 
propagating dykes (Brandsdottir and Einarsson, 1979; 
Klein eta/., 1987). However, this approach is mainly limited 
to lateral propagation at shallow crustal levels, which 
may differ significantly from propagation at deep 
crustal levels . Therefore, exposed solidified dyke swarms 
form the main source of information on dyke propagation 
at depth in the continental crust. The amount of data 
potentially available from exposed dykes is limited. In 
particular, information on the kinematics of propagation 
cannot be obtained. However, from detailed studies of 
arrested dyke tips, the conditions that resulted in arrest 
may be reconstructed. In order to carry out such 
investigations, excellent outcrop is required. Detailed 
observations are presented from the Vestfold Hills, East 
Antarctica, where the locally retreated ice sheet has 
led to the almost complete exposure of numerous 
Proterozoic mafic dyke swarms. 

1.3 Nomenclature of dykes 

Nomenclature used in this thesis is as follows. A dyke is 
defined as a fracture which is dilated by magma, in 
which dilation is the opening displacement of the 
fracture walls . The term dyke is used regardless of 
whether the material making up the dyke is liquid 
magma or solidified rock. The periphery, or 'leading 
edge' of the dyke is generally curved (Fig. 1.1a). Since 
most dykes can only be observed in cross-sections, the 
term ' dyke tip' is often used to denote the three-dimensional 
dyke periphery (e.g. Pollard, 1987). For exposed dyke tips, 
the local inclination and curvature of the periphery are 
important geometrical parameters that can, 
unfortunately, only rarely be measured accurately. 

Most dykes are segmented, i.e. they consist of a number 
of separate fracture segments which were each dilated. 
Because each segment has its own periphery, numerous 
tips may be exposed in the cross section through a 
single dyke (cf Figs. 4.3, 4.15). The most common form of 
segmentation is an offset (Fig. 1.1a). A horn is the 
tapering extremity of the dyke segment near an offset, 
and the associated tip is referred to as a horn tip (Fig. 
1.1a and b) . The body of host-rock between two 
overlapping segments at an offset is called a bridge 
(Fig. l.lb; e.g. Pollard et al., 1982). Dilation leads to the 
progressive deformation of the initially rectangular 
bridge to a sigmoidal geometry in cross section. 
Complete failure of a bridge restores the continuity of 
the dyke at an offset, and results in a step (Fig. 1.1c). 

An apophysis is a minor dyke vein, emanating from a 
main dyke segment, and cross-cutting the contact 
between the solidified dyke margin and the host-rock 
(Fig. 1.1b). Apophyses are commonly found in deformed 
host-rock bridges. 

The tip on the outermost periphery (or leading edge) 
of a dyke will be called the frontal dyke tip (Fig. 1.1a). 
Because segmentation is common in dykes (Hoek, 1991) 
horn-tips and apophysis tips, associated with inner 

peripheries, are ubiquitous whereas frontal tips are 
relatively rare. Although there are a number of differences 
between the three types of tips, mainly pertaining to 
the local host-rock stress field, it is assumed that the 
physical processes that govern the mechanisms of 
dyke propagation and arrest are the same. Observations 
from all three types of tips are used to constrain and check 
the theoretical models for propagation. 

(c) 

magma 
chamber 

Fig. 1.1 (a) Schematic drawing of the geometry of a dyke rising 
from a magma chamber, showing relative positions of frontal tips on 
the outer periphery, and horn tips on inner peripheries associated 
with offset segmentation. (b) An apophysis intrudes the host-rock 
bridge at the site of maximum extensional stress. In order for an 
apophysis to intrude a bridge it has to cut through the margin of 
solidified magma. (c) A step is formed when an apophysis connects 
the two dyke segments. Note that near an offset, magma flow can 
only occur parallel to the inner periphery until a step is formed. 
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1.4 General aspects of dyke swarms 

Thickness and length 

Reported thicknesses for individual dykes range from 
-0.1 m to -500 m, and vary with regional setting. In 
general, dykes in continental settings are wider than 
those in oceanic settings. In Hawaii (intra-plate 
oceanic hot-spot setting), the mean thickness is 0.74 
m (Rubin, 1990), in Iceland (interference between mid
oceanic and hot-spot setting, with anomalously thick 
oceanic crust) the mean thickness is 3.9 m (Rubin, 
1990), and in the (continental) Tertiary dyke swarm of 
Skye the mean thickness is -4 m (Speight et al., 1982). 
The longest known dykes (in the range 100-1000 km) 
are of Proterozoic age. These include the 1140 Ma 
Great Abitibi dyke in Canada (Ernst et al ., 1987); the 
2.6 Ga Great Dyke in Zimbabwe, (e .g. Podmore and 
Wilson, 1987), the 1267 Ma Mackenzie dykes in Canada 
(LeCheminant and Heaman, 1989), and a 1645 Ma 
dyke in West Greenland (Kalsbeek and Taylor, 1986). 

Du and Aydin (1992) modelled the three-dimensional 
geometry of a dyke that was emplaced in 1978 into the 
Krafla rift system in Iceland, by inversion of surface 
displacement data. They found a depth between 0.5 and 
7.5 km, a length of 20 km, and a maximum thickness 
of 3 m. This technique is only possible for historic 
emplacement events at relatively shallow depths. In 
general, the vertical dimension of dykes is unknown. 
Seismic reflection data are of little use because of the 
commonly steep orientation of dykes. For dykes that 
generate from magma chambers which are situated either 
in the crust or at the base of the crust, the local thickness of 
the crust is the maximum vertical dimension. 

Dyke geometry and propagation direction 

Dyke geometry varies with depth of emplacement. 
Historic accounts of volcanic eruptions involving dyke 
emplacement show that dykes commonly propagate 
laterally away from a central, low-level magma 
chamber, sometimes for tens of kilometres without 
reaching the surface (e.g. Til!inget al., 1987; Murray, 1990). 
Fissures or vents may form eventually on the lower 
flanks of a volcano. Exposed solidified dykes that were 
emplaced at shallow crustal levels also show evidence 
for lateral propagation and magma flow (e.g. Baer and 
Reches, 1987, 1991). 

The propagation direction of dykes at intermediate 
to deep crustal levels is less well understood (Halls and 
Bates, 1990). Dykes with a horizontal length that greatly 
exceeds the crustal thickness are common in many 
exposed dyke swarms (e.g . Greenough and Hodych, 
1990). Such dykes may either have propagated laterally 
away from a central source, or have propagated upward 
from a linear source. For the over 700 km long Great 
Abitibi Dyke in the Superior Province in Canada, Ernst 
(1990) concluded from magnetic susceptibility 
anisotropy measurements that flow was dominantly 
vertical within 100 km of a contemporaneous volcanic 
centre, and dominantly lateral further away, implying 

lateral propagation from a central source. Fahrig (1987) 
proposed that the Proterozoic Mackenzie dykes of Canada 
propagated laterally along mid-crustal levels over 
distances in the order of 1000 km. On the other hand, 
many dykes that were emplaced at intermediate to deep 
crustal levels consist of a number of vertical segments, 
implying that the locally dominant direction of magma 
flow was vertical (Fig. 1.1; Pollard et al. , 1975; 
Gudmundsson, 1990; Baer and Beyth, 1990; Hoek, 1991). 

Injection into pre-existing joints vs. newly formed 
fractures 

The question of whether a dyke was injected into a pre
existing joint or created its own fracture has been the 
object of some discussion (e.g. Delaney et al., 1986). There 
can be no definite answer for any given case because the 
possibility that magma just happened to intrude into the 
only joint present simply cannot be refuted. Yet, it can be 
argued that most dykes must create their own fracture 
(Pollard, 1973; Delaney et al., 1986; Hoek, 1991). For entire 
dyke swarms, the origin of a pre-existing joint-swarm 
(on a crustal scale) would be very difficult to explain. 
Also, when intrusion into pre-existing joints would be 
common, many dykes should have a tangential 
component of dilation. Instead, field evidence shows 
that most dykes intruded normal to the least 
compressive regional stress. 

Propagation velocities 

Lateral near-surface propagation velocities of dykes have 
been estimated during eruption events in Iceland and in 
Hawaii from seismic measurements or from surface 
displacements (Brandsdottir and Einarsson, 1979; 
Einarsson and Brandsdottir, 1980; Jackson et al., 1975; 
Klein et al., 1987). These data give consistent velocities in 
the range 0.4-0.5 m/s. No data are .available on 
propagation rates at depths greater than several 
kilometres. 

The presence of high-density ultramafic xenoliths in 
dykes or lava flows has been used to estimate a minimum 
upward flow velocity of the magma on the basis of the 
density contrasts between magma and xenoliths. The 
rationale behind this approach is that the flow velocity 
must be greater than the gravitiational settling velocity 
(e.g. Spera, 1980, 1984). Estimates for the minimum flow 
velocity strongly depend on the rheology of the magma, 
and are in therangeof0.1-10m/s (Spera, 1984). However, 
magma flow velocities may not be simply related to dyke 
propagation velocities. 

Volumetric magma flow rates 

Volumetric magma flow rates can be calculated for 
individual historic extrusive events from the total duration 
ofthe event and the total volume of extruded magma. On 
a larger time-scale, time-averaged volumetric flow rates 
maybecalculatedwhenatotalamountofextrudedmaterial 
and the total time span of extrusive activity can be 
estimated. 
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Major individual periods of magma extrusion in 
Hawaii and Iceland last for several years, and have a 
periodicity of several hundreds of years (Shaw, 1985). 
Volumetric flow rates during such historic extrusive 
events can be sustained for days at levels in the order of 
100m3 / s (e.g. Richter et al., 1970). 

The time-averaged extrusion rates over periods 
of thousands to millions of years reflect rates of 
magma production at depth, taking into account that 
less than half of the produced magma may actually 
reach the surface (Bodvarsson and Walker, 1964) . 
Estimated time-averaged extrusion rates for Hawaii, 
Iceland, and for the Columbia River flood basalts are 
between 1-3m3 /s (Swanson et al. , 1975; Tilling et al ., 
1987). The average rate for the entire Hawaiian
Emperor chain over a total period of 75 Ma is 0.5 m3 I 
s (Shaw, 1985) . The average eruption rates of 
subduction re lated island-arc volcanoes in the 
western pacific are in the range 0.1-1 m 3 /s (Fedotov, 
1981; Tsukui et al ., 1986). By contrast, the larger flood 
basalt provinces such as the Deccan, the Parana, or 
the Siberian Plateau are up to several orders of 
magnitude larger in terms of both total volume of 
produced magma and time-averaged eruption rates 
(White, 1992). 

1.5 Organization of this thesis 

In Chapter 2, an overview is presented of the existing 
theoretical background that is necessary to analyse the 
mechanism of dyke emplacement. The following 
processes are discussed: [1] the dilation of a stationary 
(i.e . non-propagating) dyke; [2] dyke fracture 
propagation; [3] magma flow; and [4] cooling and 
solidification. 

Two criteria for dyke propagation are discussed. The 
first is the well-known fracture mechanics criterion that 
states that propagation occurs forK~ Kc, where K is the 
stress intensity factor and where Kc is the host-rock fracture 
toughness. An alternative criterion is proposed that is 
based on the balance between dilation of the dyke 
immediately behind a propagating tip and the inward 
growth of solidified margins. When the propagation 
velocity falls below a certain critical level, the tip region 
becomes blocked by solidified magma resulting in 
propagation arrest. 

Chapter 3 illustrates the fracture geometry of mafic 
d ykes from the Vestfold Hills. Whereas in theoretical 
models d ykes are commonly treated as single, 

unsegmented fractures, in reality dykes are invariably 
segmented. A classification of dyke fracture geometry is 
proposed. 

In Chapters 4 to 6, exposed tips of solidified tholeiitic 
dykes from the Vestfold Hills are studied in detail. 
Near-tip d yke geometry is analysed in Chapter 4, 
whereby linear elastic fracture mechanics models are 
fitted to observed dyke shapes using least squares 
regression techniques. This leads to estimates for the 
stationary stress intensity factor Kstat at the arrested 
tips and for the driving pressure distribution. Chapter 
5 describes non-elastic deformation structures at 
arrested dyke tips and adjacent to dykes. Chapter 6 
describes systematic variations in the near-tip major 
element geochemistry of the arrested dykes. Together, the 
observations presented in these chapters lead to a 
coherent picture of the mechanisms of dyke propagation 
and arrest. 

Chapter 7 deals with an extensional-compressional 
tectonic cycle that is recognized in East Antarctica. The 
Vestfold Hills represent a relatively stable block within an 
extensive mobile belt that was formed during a 
regional compressional tectonic event. Whereas the 
mobile belt is more suited to analyse the PT-t path during 
the compressional phase, stable blocks such as the 
Vestfold Hills record structures and, due to the relatively 
low strains, can be used to reconstruct the kinematics of 
both the compressional and earlier events. Dyke swarms 
and brittle normal faults are used to reconstruct an 
extensional tectonic phase preceding the compressional 
phase. 

Chapter 8 deals with the large scale tectonic and 
geodynamic constraints that can be derived from 
structural and geochemical investigations of the 
Proterozoic mafic dyke swarms from the Vestfold 
Hills . Geochemical and petrogenetic data lead to 
estimates for the depth and temperature of magma 
generation, and for the depth of dyke emplacement, 
constraining the thermal, baric, and compositional 
evolution of the Vestfold Hills lithosphere . A 
structural analysis of the dyke swarms, their 
emplacement mechanism, geometry, and cross
cutting relationships, in combination with 
information on the density contrast between the 
various magma types and the Vestfold Hills 
lithosphere, constrains the crustal state of stress 
during dyke emplacement. 



Chapter 2 

Theory of dyke emplacement: an overview 

2.1 Introduction 

This Chapter is an overview of the existing theory of dyke 
emplacement, and provides a theoretical framework for 
the interpretation of field observations.1 

Dykes are formed when a fracture is dilated by magma 
against a compressive host-rock stress, and a primary 
requirement for dyke emplacement is that magma pressure 
exceeds the minimum principal stress in the host-rock 
(Fig. 2.1 a and b). The difference between magma pressure 
and initial host-rock stress is termed the (magma) 
driving pressure, which provides the fundamental' driving 
force' for dyke emplacement. The main processes 
involved in dyke emplacement are : fracture 
nucleation; fracture dilation; fracture propagation; host
rock deformation (elastic, brittle, or plastic); magma flow 
(laminar or turbulent); and heat loss resulting in magma 
solidification (crystallization or quenching to glass). Each 
of these processes forms a resistance to dyke emplacement 
(Lister and Kerr, 1991). At present, the state-of-the-art is 
such that the dyke emplacement mechanism is best 
analysed by considering isolated parts. 

Fracture nucleation is perhaps the most poorly 
understood part of the dyke emplacement mechanism. 
Magma pressure cannot, by itself, lead to nucleation of a 
tensile fracture in intact host-rock with a compressional state 
of stress (Fig. 2.1a). In order to exert an internal pressure on 
a fracture, magma must already be present inside at least 
part of this fracture, suggesting that dyke fracture 
nucleation must involve tensile failure under the influence 
of an external (locally) tensile stress. Fracture nucleation 
is not discussed in this thesis. 

Fracture dilation is driven by magma driving pressure 
and resisted by elastic deformation of the host-rock (Fig. 
2.1b ). The degree of elastic resistance can be characterized 
bythemagnitudeofthehost-rockstiffness. Fora stationary 
dyke, the relationship between driving pressure and host
rock deformation can be solved exactly using the theory of 
elasticity (Section 2.2 and Chapter 4; e.g. Pollard and Segall, 
1987). 

Fracture propagation occurs due to a tensile stress 
concentration ahead of the tip (Fig. 2.1c). This stress 
concentration is the result of elastic deformation of the 
host-rock, and is thus driven indirectly by the magma 
driving pressure. It is resisted by the host-rock fracture 
toughness . The balance between stress concentration 
and fracture toughness determines whether propagation 
occurs (Section 2.3 and Chapter 5; e.g. Lawn, 1993). 

(a) 

(b) 

(c) 

(d) 

(e) 

Fig. 2.1 Schematic drawing of processes and mechanisms driving 
and resisting dyke propagation. 
(a) Magma in contact with intact host-rock. The magma pressure 
exceeds the least compressive host-rock stress. (b) Dilation of a 
fracture is driven by internally applied magma pressure and is resisted 
by the elastic stiffness of the host-rock. Deformation of the host-rock 
leads to an increase in dyke-normal host-rock stress until the latter 
equals the magma pressure.(c) Propagation of the fracture is 'driven' 
by a tensile stress concentration at the tip that results from the elastic 
deformation of the host-rock surrounding the dilated fracture, and is 
resisted by the fracture toughness of the host-rock.(d) Magma flow is 
driven by a pressure drop from source region to tip, and is resisted by 
the viscosity of the magma. (e) Heat lost to the host-rock leads to the 
growth of solidified layers on the margins and eventually to complete 
solidification of the dyke. 

1 Most of the theory presented in this Chapter is derived from the literature. Additions to existing theory are presented in§ 2.2.7, 2.3.4, 
and 2.5.2. 

5 
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Magma flow is driven by a pressure drop from the 
magma source region to the tip, and is resisted by viscous 
shear forces (Fig. 2.1d). The degree of the viscous flow 
resistance can be characterized by the magnitude of the 
viscosity of the magma. The fluid dynamics of magma 
flow determine the kinematics of propagation (Section 
2.4; e.g. Lister and Kerr, 1991). 

Heat loss from the hot magma to the relatively cool 
host-rock inevitably results in solidification (Fig. 2.1e). 
Heat loss adds to the resistance to magma flow by: [1] the 
constriction of the channel available for flow as a result of 
the inward growth of solidified layers; and [2] by an 
increase in viscosity with distance from the source 
region. (Section 2.5; e.g. Delaney, 1987). 

2.2 Elastic resistance: the stationary dyke 
model 

In a stationary (i.e. non-propagating) dyke, the magma is 
in a state of hydrostatic equilibrium. A well-known 
analytical model for stationary dykes is based on Linear 
Elastic Fracture Mechanics (LEFM; Lawn, 1993; Whittaker 
et al., 1992; papers edited by Atkinson, 1987b), which 
leads to an exact description of the relationship between 
dyke geometry, magma pressure, and the host-rock 
stress field before and after dilation (Pollard, 1987; 
Pollard and Segall, 1987). This model is useful for the 
following reasons: [1] Since exposed, solidified dykes 
observed in the field will have approached 
hydrostatic equilibrium prior to solidification, the 
stationary dyke model provides the appropriate 
framework for the analysis of dyke field geometry; [2] The 
extent of non-elastic deformation is predicted from the 
model in the form of regions where the elastic stress 
exceeds the elastic limit of natural rocks; (3] The 
assumption of elastic behaviour can be tested by mapping 
the extent of non-elastic deformation structures in the 
field; [4] Because the LEFM stress field includes a tensile 
stress concentration ahead of the tip, deformation 
potentially resulting in propagation, is predicted by the 
stationary model.2 

The LEFM stationary dyke model includes two 
elements: [1] a volume of host-rock with an initial state of 
stress criij and a linear elastic rheology; and [2] an internal 
fracture (Fig. 2.2a) . When the fracture is loaded by an 
internal pressure exceeding the host-rock stress normal 
to the fracture, the total system is in a state of 

Fig. 2.2 Principle of the LEFM model for dyke emplacement. 
(a) The initial state consists of a volume of linear elastic homogeneous 
host-rock containing an unloaded fracture. (b) When the fracture is 
loaded by an internal pressure Pm > o111, the host-rock undergoes 
an elastic deformation that is associated with dilation of the fracture. 
(c-d) Boundary conditions of the LEFM model in the X1 ,X2-plane (c) 
and in the X3-direction (d). 

(a) 

(b) 

(c)~-----

external boundary condition in 
x 1,X 2-plane: 

zero displacement at infinity 

I 
I 

I 

L----------------~ 

(d) 

2 Propagation in the LEFM model is, strictly speaking, impossible because it assumes ideal linear elastic behaviour of the host-rock. This 
means that there is no limit to the stress that can be sustained, i.e. large stresses are associated with large strains, but not with rupture. 
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disequilibrium, resulting in dilation of the fracture 
(Fig. 2.2b). Dilation involves a compression of the host
rock adjacent to the fracture, associated with an 
increase in stress. A new stress equilibrium is set up 
when the magma pressure is balanced by the initial 
host-rock stress plus the elastic stress due to dilation. 
Whereas in the LEFM model, formation and dilation 
of the fracture are assumed to be separate, 
instantaneous processes, in reality these are part of a 
single continuous process. The derivation of LEFM 
solutions for the stress and displacement fields involves 
finding a stress function that satisfies the so-called bi
harmonic equation (a fourth-order differential equation 
embodying the conditions of strain compatibility and 
static equilibrium throughout the host-rock) and a 
set of boundary conditions that prescribe the 
deforrna tion on the bounding surfaces of the continuum, 
either in terms of stress or displacement (e .g. Mase, 1970). 
The fracture represents an internal bounding surface 
within the continuum, with stress equilibrium as the 
appropriate internal boundary condition (Fig. 2.2c) . The 
appropriate outer boundary condition for dyke 
emplacement at depth in the crust is zero displacement at 
infinity in the X1,Xz-plane (Fig. 2.2c) . An additional 
boundary condition is required to describe deformation 
in the X3-direction, e.g . plane strain, i.e. zero 
displacement and strain parallel to the periphery (Fig. 
2.2d). (See Hellan, 1985, or Pollard and Segall, 1987, for 
rna the rna tical details.) 

2.2.1 Model dyke geometry and loading condition 

LEFM solutions for a range of fracture geometries, external 
boundary conditions, and loading conditions are available 
from fracture mechanics literature (e.g. Sih, 1973; Tada et 
al., 1973). The most universal LEFM dyke model, which is 
also adopted in this thesis, is that of a blade-shaped 
fracture in an infinite, linear elastic, isotropic, homogeneous 
host-rock. A blade-shaped fracture is characterized by 
parallel, straight peripheries, a cross-sectional length L, 
and an infinite extent parallel to the peripheries (Fig. 2.2b ). 

Dykes are described relative to an orthogonal reference 
frame, defined with the origin at one of the peripheries; 
the X1-axis normal to the fracture plane; the Xz-axis in the 
fracture plane normal to the periphery; and the X3-axis 
parallel to the periphery (Fig. 2.2b).3 Displacement is 
characterized by the displacement vector u(1,2,3), and 
dilation D is defined as the difference between the 
normal displacements of points on opposite sides of the 
fracture surface (Pollard, 1987): 

(2.1). 
Boundary conditions are: u1 = 0 and uz = 0 at x1 = oo and at 
x2 = oo; and u3 = 0. 

In fracture mechanics, general loading is a 
combination of three end-members: mode 1, mode 2, 
and mode 3 (Fig. 2.3). These modes are defined 

mode 1 

mode2 

mode3 

Fig. 2.3 Three end-member modes of fracture displacement: 
tensile mode 1; sliding mode 2, and tearing mode 3. 

according to the direction of the net stress acting on 
the surface and the resulting fracture displacement 
sense which is: parallel to the X1-axis for mode 1 
(tensile or opening mode); parallel to the X2-axis for 
mode 2 (sliding mode); parallel to the X3-axis for mode 
3 (tearing mode) . The appropriate loading condition 
for a dyke is mode 1, equivalent to emplacement in 
the plane normal to the smallest compressive 
principal stress. 

2.2.2 Stress and pressure 

Throughout this thesis, compressive stress is taken as 
positive. The initial state of stress, denoted by superscript 
i, is thestateofstress in the host-rock prior to emplacement 
of the dyke. It is convenient to split the initial stress field 
in an isotropic part equal to the lithostatic pressure Pr._, and 
a deviatoric part equal to tectonic stress ~o. according to: 

3 In dyke fracture mechanics the origin is conventionally defined at the centre of the fracture (e.g. Pollard, 1987). However, because this 
thesis deals specifically with near-tip exposures of dykes that are not necessarily completely exposed, the tip is chosen as a reference frame origin. 
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a' = r p L: t.a 
ij 

0 

0 

(2.2), 

with t.a ~ 0. The initial state of stress as defined in (2.2) is 
isotropic in the X1,X2-plane and is consistent with mode 1 
loading. 

Driving pressure is denoted by t.P and is defined as 
the difference between the magma pressure P m 

(hydrostatic in a stationary dyke) and the initial dyke
normal stress exerted by the host-rock (Pollard, 1987): 

t.P = (P - ai ) = (P - P - t.a) 
m 11 m L (2.3). 

Gradients in driving pressure are denoted by V Pi 
(Pollard, 1987): 

VP = d(t.P) 
i dx. 

(2.4). 

When the driving pressure at a given position along a 
fracture is positive, an outward directed stress acts on the 
fracture surfaces, leading to deformation of the host-rock. 
In a linear elastic rna terial this deformation can be expressed 
in terms of stress, displacement, or strain. The stress 
associated with the deformation in a linear elastic rna terial 
is referred to as elastic stress, denoted by superscript e. 
The total state of stress (no superscript) is defined as the 
sum of initial and elastic stress: 

[PL +a:1+Au e 0 a 12 

p e 0 a - a +a 
ij 21 L 22 

0 0 p L + a~3 
j 

(2.5). 

2.2.3 LEFM solutions for stress and displacement 

For a given set of boundary conditions, there is a unique 
LEFM solution that describes the elastic stress and 
displacement throughout the host-rock surrounding the 
dyke. In this thesis, this description is called the global 
LEFM solution in order to avoid confusion with the near
tip solution (see below). The global elastic LEFM stress 
field around a blade-shaped dyke in mode 1, plane 
strain loading, with a uniform driving pressure 
distribution, can be expressed in 'global' polar 
coordinates r{1,2,3) , 8(1,2,3) (Fig. 2.4a) as follows 
(Pollard and Segall, 1987, Eq. 8.44): 

[ 

-1!2 l 1 - r 2 ( r 1 r 3) cos (8 2- 9) 

ae = t.P 2 
11 L -3!2 

- (-) r (r r ) sine sin 39 
2 2 1 3 2 (2.6a); 

[ 

-1!2 l 1-r
2
(r

1
r) cos(e 2 -9) 

ae = t.P 2 

22 (L) -3!2 + - r (r r ) sin e sin 39 
2 2 1 3 2 (2.6b ); 

e e 
a 12 =a 21 

= t.P(- (.!::.)
2 

r (r r ) -
3

!2 sine sin 39J 
2 2 1 3 2 

ae = v ( ae + ae ) 
33 22 11 

where 

9= 
e + e 

1 3 

2 

(2.6d); 

(2.6e), 

(2.7) 

and vis Poisson's ratio. (For v = 0, a33 = PL and the state 
of stress equals plane stress. For v = 0.5, the total material 
volume is constant and the change in a33 is equal, but 
opposite, to the change in mean stress in the Xv Xr 

(a) global reference frame 

- - - -L- - - - - - -

(b) near-tip reference frame 

(c) 

tensor 
components 
of stress 

(d) 

plane of 
minimum 
pincipal stress 

/ 

/ 
/ 

/ 

p 

Fig. 2.4 Reference frames for blade-shaped dykes. 

x, 

(a) Global reference frame. (b) Near-tip reference frame. 
(c) Tensor components of stress at point p. (d) Plane of minimum 
principal stress at point p. 
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plane.) The magnitude of the driving pressure~ controls 
the magnitude of the elastic components of stress in the 
X1,X2-plane, while the terms between brackets 
describe the spatial distribution of the stress field. There 
are no non-zero components of shear stress outside the 
X1,Xz-plane, i.e. oe33 is always a principal stress (Pollard 
and Segall, 1987, p . 306). 

The global LEFM solution for displacement of the 
fracture surfaces (i.e. for x1 = ±0 and 0 ~ x2 ~ L) is (Pollard 
and Segall, 1987, Eq. 8.34): 

± (1- v) J 2 
u ( 0 1 X ) = ± & --,- L X -X 

1 2 ~ 2 2 (2.8a); 

(2.8b), 
where )lis the elastic shear modulus. 

Equation (2.6) predicts that, for 6P > 0, tensile stress is 
infinite at the fracture tips (r1 = 0 or r3 = 0) . In other words, 
there is a singularity in the stress field at the fracture tips. 
By isolating those terms in the general stress function that 
are responsible for the singularity and hence dominate 
the near-tip stress field relative to non-singular terms, an 
alternative LEFM solution can be formula ted (Irwin, 1958). 
This is the near-tip solution which is an approximation of 
the global solution. The near-tip solution is only valid in 
a small region near the tip but is relatively simple in 
comparison with the global solution and is therefore 
commonly used in fracture mechanics problems. For a 
mode 1, plane strain loading, (but regardless of the driving 
pressure distribution, see below), the near-tip LEFMstress 
field in near-tip polar coordinates r, 9 (Fig. 2.4b) is given 
by (e .g. Lawn, 1993): 

e K [ 9 1 . 9 . 39] o 
11 

= -~ cos 2 + 2 sm sm 2 
(2.9a); 

e K [ 9 1 . 9 . 39] o 
22 

= -~ cos 2 - 2 sm sm 2 
(2.9b); 

(Je = (J e =- .J,;; [ 21 sin 9 cos 329] 
12 21 27tr (2.9c); 

0 e = V ( 0 e + 0 e ) 
33 22 11 (2.9d), 

where K is a scalar with dimension [Pa·m112] that is called 
the stress intensity factor.4 The near-tip LEFM solution for 
displacement of the fracture surfaces in plane strain is (e.g. 
Lawn, 1993): 

(O± )=+K 2(1-v) {X; 
u1 ,x2 - ll ..J~ 

u = 0 
2 

(2.10a); 

(2.10b) . 
The advantage of the near-tip LEFM solution over the 

global solution is twofold. First, the stress intensity factor 
K completely embodies the applied loading on the fracture 
as well as the geometries of the fracture and of the 

surrounding body. For example, for a blade-shaped 
fracture of length L, loaded by a uniform driving pressure 
~' K is given by (e .g. Lawn, 1993): 

(2.11). 
Second, the magnitude of the stress field in (2.9) is 

completely determined by the magnitude of K (the other 
terms describe the spatial distribution of the stress field) . 
The region where (2.9) is a good approximation of (2.6) is 
called theK-dominantregion (KanninenandPopelar, 1983). 
The size of the K-dominant region depends on the 
applied loading and on the geometry of the fracture and 
of the surrounding body. The near-tip solution and the 
stress intensity factor are generally used in problems 
dealing with fracture propagation, where it is assumed 
that the relevant processes occur within the K-dominant 
region (see Section 2.3). The global solution is used in this 
thesis to analyse whether significant non-elastic 
deformation occurs in regions away from the tip (§ 2.2.7), 
and to analyse the dilation geometry and driving 
pressuredistributionofexposed, solidified dykes (Chapter 
4). 

2.2.4 Dilation profile 

The dilation profile of a blade-shaped dyke is defined as 
the dilation D as a function of the distance from the dyke 
tip x2. In a linear elastic, isotropic medium, the relationship 
between the driving pressure distribution and dilation 
profile is characterized by a single elastic parameter, the 
elastic stiffness M, defined as: 

M=-l.l.
(1-v) (2.12) . 

The global dilation profile for a uniform driving pressure 
distribution is found from (2.1), (2.8a), and (2.12): 

D(x )=2 &JLx -x2 

2 M 2 2 (2.13), 
which is the equation of an ellipse (Fig. 2.5a), with 
maximum dilation Drnax at x2 = L/2: 

(2.14). 
Many solidified dykes have shapes that are not 

elliptical, obviating the need for dilation models with 
non-uniform driving pressure distributions (Fig. 2.5; 
Pollard, 1976; Pollard and Muller, 1976, see§ 4.2). Four 
characteristic end-member dyke shapes can be 
distinguished as a function of driving pressure 
distribution. These are: [1] an elliptical shape associated with 
uniform driving pressure (Fig. 2.5a); [2] a teardrop shape 
associated with a linear driving pressure gradient over the 
entire dyke (Fig. 2.5c; Pollard and Muller, 1976); [3] a 
diamond shape associated with minimum driving pressure 
at the tips and maximum at the centre (Fig. 2.5e; Pollard, 
1976); and [4] a dumbbell shape associated with maximum 
driving pressure at the tips and minimum at the centre 

4 K is the mode 1 stress intensity factor, commonly characterized by K1 in other texts. 
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driving pressure distribution dilation profile model dyke shape 

(a) + • D 
II.P 

elliptic 

0 0 x,- L 0 

(b) + • D 

0 

teardrop 

• D 

• D 
diamond 

0 

(f) + • D 
II.P 

0 0 -
+ 
D 

dumbbell 

0 ~ 

Fig. 2.5 LEFM model driving pressure distributions, dilation profiles, and dyke shapes (see also § 4.2) . 
(a) Uniform driving pressure term. (b) Linear driving pressure term. (c) Uniform + linear driving pressure terms. (d) Symmetric bi-linear 
driving pressure term. (e) Uniform+ symmetric bi-linear driving pressure terms. (f) Symmetric bi-linear driving pressure term. (g) Uniform 
+ symmetric bi-linear driving pressure terms. 



Theory of dyke emplacement: an overview II 

(Fig. 2.5g; Pollard, 1976). Intermediate dyke shapes are 
also possible. 

In a region close to the tip, the global dilation profiles 
described above are approximated by the near-tip 
dilation profile, which is found from (2.1), (2.10a), and 
(2.12): 

K~ D(x )=- -x 
2 M 1t 2 (2.15). 

The distance from the tip where the global dilation 
profile is satisfactorily approximated by the near-tip 
profile depends on the driving pressure distribution, i.e. 
on the global loading condition. For example, for a 
uniform driving pressure distribution, the error of the 
near-tip dilation profile is only a function of x2/L, being 
5 1% for x2/L 5 0.01. 

When LlP < 0 or K < 0, (2.13) and (2.15) predict 
negative dilation. This physically unrealistic result is due 
to the fact that, when D(x2) 50, the two fracture surfaces 
exert an opposite stress cri11 on each other that is not 
incorporated in the LEFM model. Hence, the LEFM 
analysis does simply not apply in these cases. 

On the other hand, zero or even negative local driving 
pressures are not necessarily associated with zero dilation 
(cf Fig. 2.5c, e, and f). Dilation can occur in sections of a 
fracture that are locally loaded by a negative driving 
pressure when the rest of fracture is loaded by a 
positive driving pressure. This 'elastic leverage' is 
due to the response of an elastic medium to localized 
loading, involving the redistribution of stress and strain 
throughout the medium. Elastic leverage is important in 
dyke emplacement for the following two reasons. First, in 
a given section of a fracture, magma can only exert an 
internal pressure when it is allowed to flow into this 
section, i.e. when it is already dilated (cf Fig. 2.1a). 
Therefore, propagation cannot occur in the absence of a 
mechanism that results in dilation ahead of the magma. 
Second, when the dilation of a fracture is accommodated 
by non-elastic deformation, similar leverage may be 
either completely absent or less efficient, because non
elastic mechanisms tend to local relaxation and 
accommodation of deformation, rather than to a 
redistribution of an applied load. 

2.2.5 K and stress singularity 

The stress intensity factor K plays a central role in the 
current understanding of fracture propagation, and will 
be used extensively throughout this thesis. Although, 
because real materials cannot sustain infinite stress, the 
physical meaning of K for real fractures differs from the 
LEFM definition, it is instructive to discuss in some detail 
the relationship between the LEFM concept of a fracture, 
the shape of the dilated fracture tip, and the tip
singularity in the LEFM stress field forK> 0. 

From (2.10a) it follows that, forK> 0, the displacement 
gradient 8u1/ 8x2 approaches infinity for x2 ~ 0 (Fig. 2.6c). 
Components of strain are related to the displacement 
gradients according to (Mase, 1970): 

~
8u 8u.l i J 

e = + 
ij ~ ~ 

(2.16). 

Thus, on the upper fracture surface (8 = + 180° or x1 = +0), 
the angular strains Ee12 and Ee21 approach +oo for x2 ~ 0. 
Because all other tensor components of strain are zero this 
indicates a 90° clock-wise, rigid-body rotation around the 
X3-axis, resulting in a parabolic (or elliptical) tip shape. A 
rigid-body rotation does not involve internal stress, and 
when the near-tip stress field is evaluated for r ~ 0 along 
the fracture surface, it is indeed found that all 'singular' 
components of stress are zero: 

lim cre. = [ ~ 
(r-tO) I) Q 

0 

0 

0 

for (8 = 180) 

(2.17), 

in accord with the internal boundary condition of stress 
equilibrium on the fracture surface (Fig. 2.2c). When the 
stress field at the tip is evaluated by approaching the tip 
from any direction other than the fracture surface, infinite 
components of stress are found, e.g.: 

[

-oo 

lim cr~. = 0 
(r->0) IJ 0 

for (8 = 0, v ;t 0) 
0 

0 

(2.18); 

lim cre. =[:: 
(r->0) IJ 0 

for (8 = 90 ,v ;tO) 

(2.19). 

These results illustrate that the stress field at a tip with K 
> 0 is not uniquely defined, and that it is dominated by 

(a) 

(b) 
g~, > 

(c) dr· d t"'"' x2-- x2--

Fig. 2.6 Dyke tips for K > 0 and K = 0. 
(a) For K > 0 the stress field is characterized by a singularity at the 
tip. For K = 0 there is no singularity while a non-singular stress 
concentration occurs behind the tip. (b) The dyke tip shape (solid 
line) is parabolic forK> 0 and cusp-shaped forK= 0. The dashed 
line is the fracture surface prior to dilation. (c) Displacement 
gradient as a function of distance from the tip. The displacement 
gradient is infinite at the tip forK> 0 and zero for K = 0. 
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infinite components of stress except on the fracture 
surface. ForK= 0, the tip tapers smoothly to a cusp (Fig. 
2.6) . In this case there is no stress singularity, but there is 
a finite tensile stress concentration adjacent to the 
fracture just behind the tip. 

Several models have been proposed in the literature 
that explicitly eliminate the singularity for K > 0, for 
example by defining a region of non-elastic deformation 
around the tip (frontal zone model,§ 2.3.4); by defining a 
region within the fracture surface where dilation is 
resisted by a closing stress (cohesive zone model,§ 2.3.5); 
or by defining a fracture with a finite initial thickness 
(Creager and Paris, 1967). 

2.2.6 Elastic stiffness of crustal rocks 

Natural rocks deform in an approximately linear elastic 
fashion for small strains ( -0.1-1%, e.g. Jaeger and Cook, 
1976). For an ideal elastic material, two independent 
elastic parameters are sufficient to characterize the elastic 
stiffness. For the analysis of dyke field geometry, the 
elastic stiffness M of the host-rock must be estimated 
for the conditions (P,T) ofdykeemplacement. This may 
be done in two ways: [1] by direct experimental 
measurement; or [2] by calculation from single-crystal 
elastic data of an aggregate value for the host-rock. The 
latter method is employed in this thesis. The disadvantage 
of this method is that it does not include the effect of 
microfractures. However, as microfractures close with 
increasing pressure, the aggregate value may be a 
reasonable approximation for pressures greater than -0.2 
GPa (Simmons and Brace, 1965). 

There is no theoretically exact way to calculate 
aggregate elastic properties for a polycrystalline 
rock from single-crystal values. Instead, a theoretical 
lower and upper bound are calculated, respectively 
called the Voight estimate based on the assumption of 
uniform strain, and the Reuss estimate based the 
assumption of uniform stress over the aggregate (e.g. 
Watt et al., 1976). The usual approach is to take the 
arithmetic average between the two bounds (the Hill 
estimate) as the 'best' estimate. Figure 2.7 shows the 
calculated aggregate stiffness for several rock types 
from the literature as a function of pressure, compared 
with experimental values (Simmons and Brace, 1965). 
The experimental values in Figure 2.7 are derived from 
the measurement of seismic velocities of P and S waves 
and are called dynamic values, which are slightly 
greater than static values that are derived by direct 
measurement of the elastic moduli (see Jaeger and 
Cook, 1979, Fig. 6.15.2). The experimental values fall 
w ithin the theoretical bounds for all rock types for P 
~ 0.2 GPa, but may be significantly below the 
theoretical bounds at lower pressures, due to the 
effect of microfractures . The data in Figure 2.7 
suggest that, for P ~ 0.2 GPa, the stiffness of crustal 
rocks are within the range M = 30-70 GPa . For an 
elliptical dyke with a typical ratio L/Dmax = 103, this leads 
to a driving pressure~= 30-70 MPa using (2.14). 

It has been argued (e.g. Rubin and Pollard, 1987; 
Bieniawski, 1978) that, on the scale of dykes, the elastic 

stiffness of rock is significantly reduced by discontinuities 
such as lithological contacts and joints, and may be an 
order of magnitude lower than the laboratory values 
which are measured on small samples. In this thesis it is 
assumed that this effect is suppressed by lithostatic 
pressures greater than -0.2 GPa, and that aggregate 
stiffness values are representative for the actual stiffness 
for elastic deformation on the scale of metres to 
kilometres. M = 40 GPa will be used as a representative 
value for the stiffness of continental crustal rocks. 

2.2.7 Validity of LEFM model 

The use of LEFM models for the analysis of exposed, 
solidified dykes is based on the assumption that non
elastic processes during and after emplacement have not 
significantly affected the dyke geometry, i.e. that the 
thickness measured in the field is identical to the dilation 
during emplacement. The assumption of linear elastic 
behaviour of the host-rock is fundamental to all existing 
models for dyke emplacement, both stationary and 

M40 
(GPa) 
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M40 
(GPa) ~~2--=-=-=2-~~--~~~~~--~· 
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20 Stone Mountain Granite 

0 0.5 

0 0.5 

0 0.5 

(e) so 
M 50 ~--------------~--------~~--~ 

(GPa) 

Oak Hall Umestone 
30+-~r-~---.--.---r-~---.--.---r-~ 
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0.5 

Fig. 2.7 Elastic stiffness M for several crustal rock types as a 
function of pressure P. Solid lines denote the dynamic stiffness, 
derived from experimentally measured seismic velocities on 
laboratory samples (Simmons and Brace, 1965). The shaded band is 
the aggregate stiffness, calculated from single-crystal elastic 
parameters using modal compositions, with the theoretical upper (r: 
Reuss) and lower (v: Voight) bounds shown, and h denoting the 
arithmetic (Hill) average. Single-crystal parameters , modal 
compositions, and details of the calculation are given in Appendix A. 
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dynamic (e.g. Pollard and Segall, 1987; Lister and Kerr, 
1991). Because analyses of the d ynamics of dyke 
emplacement indicate subtle interrelationships between 
driving pressure distribution, dilation, magma flow, 
heat flow, and propagation (e.g. Bruce and Huppert, 1990; 
Lister and Kerr, 1991), and because thickness is generally 
the most well-known variable for dykes, it is important to 
assess the potential effect of non-elastic mechanisms on 
dyke thickness. Mechanisms that may potentially affect 
dyke thickness include thermo-elastic, crystal-plastic, 
and brittle deformation of the host-rock adjacent to the 
dyke, and contraction of the magma due to crystallization 
and cooling. Before discussing these mechanisms, it is 
necessary to discuss the LEFM stress field in some detail. 

LEFM stress field 

In order to compare the state of stress predicted by LEFM 
with conditions for non-elastic deformation, the former 
must be presented in terms of principal stress. Principal 
stresses are defined as cr1 ~ 0'2 ~ cr3. In the LEFM model, 
the X1,Xz-plane is always a plane of principal stress with 
cr33 being equal to either cr1, cr2, or cr3 (e .g. Pollard and 
Segall, 1987). Hence, theXvX2-planedoesnotnecessarily 
contain cr1 or cr3. For this reason, it is convenient to 
additionally define cr1 * ~ cr3* as the maximum and 
minimum principal stress in the in the X1,Xz-plane. 

The total state of stress at a point p (Fig. 2.4) can be 
represented in Mohr space (Fig. 2.8a), which shows the 

(a) t ::=~ 

-----r--------~--.r--~------~-----0' 

(b) 

Fig. 2.8 

t 

normal 
stress 

(a) The two-dimensional state of stress in the X1,X2-plane is 
characterized by a circle in Mohr space. (b) The three-dimensional 
state of stress at point p is characterized by three circles in Mohr 
space (one for each principal plane). The initial state of stress (2.2) 
is characterized by a single circle in Mohr space for cr1 = cr2 = PL, 
cr3 = (PL + t.cr) , and 'tm = lt.cr/21. 

general relationships between the various components of 
the stress field as well as the angular relationships. 
Figure 2.8a shows the state of stress in the XvXz-plane, 
where O'm and tm are the mean normal stress and the 
maximum shear stress in the X1,X2-plane, respectively. 

01 *= 0' m +It ml 
0'3 * = 0' m -It ml 

1 
0' m = z( 0' 22 + 0' 1J 

(2.20a); 

(2.20b); 

(2.21); 

(2.22); 

(2.23), 
where 1jf is the angle between the X 1-axis and the direction 
of cr1 * (clockwise is positive, see Figs. 2.4d and 2.8a). 
Figure 2.8b shows the initial state of stress and the general 
state of stress at a point p . The Mohr-circle for stress in the 
XvXz-plane can be represented by either of the three 
circles, depending on whether 0'33 is equal to 0'1, 0'2, 
or cr3. 

Figure 2.9 shows the effect of variations in the 
magnitude of .iP relative to 60', and of variations in 
Poisson'sratiov,on the LEFMstress field in the XvXz-plane 
around a blade-shaped dyke loaded by a uniform driving 
pressure. Principal stress magnitudes relative to 
li thos ta tic pressure, ( cr1 *- PL) and ( cr3*- PL), are contoured 
as fractions of 6P (Fig. 2.9a to f). 5 Orientations of cr1 * 
and cr3* are indicated as long and short axes, respectively 
(Fig.2.9gtoo). Regionswherecr33 isequaltothemaximum 
and minimum principal stress are indicated by lighter 
and darker shading, respectively. 

Notable characteristics of the LEFM stress field are: 
[1] The state of stress in a region ahead of the dyke tips is 
tensile relative to the initial state of stress, while the state 
of stress in a region adjacent to the dyke is relatively 
compressive. The region ahead of the dyke tip will be 
treated separately in the discussion of dyke propagation 
(Section 2.3); [2] The ratio 16cr I I .iP has little effect on the 
state of stress ahead of the dyke tip (illustrating the 
importance of the singular components of the stress field 
which depend only on 6P), but has a major effect on 
the state of stress laterally adjacent to the dyke. This 
effect can be shown advantageously along a line normal 
to the dyke, at x2 = L/2 (Fig. 2.10); [3) Immediately 
adjacent to the dyke not only the dyke-normal stress 0'1v 
but also cr22 is increased relative to the initial state of 
stress by an amount equal to .ir. Thus, the differential 
stress in the XvXz-plane immediately adjacent to the dyke 
is not affected by dyke emplacement (Fig. 2.10); [4] Away 
from the dyke, cr22 decreases more rapidly than O'n (Fig. 
2.10). This leads to an elastic differential stress ( aen- ae22) 
> 0. The initial state of stress is always characterized by 
(cri11 - cri22) :o; 0 because propagation occurs normal to the 

s The orientation and relative magnitudes of cr1• and cr3• are a function of the ratio t.P/It.crj , but are independent of PL. 
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Fig. 2.9 LEFM stress field around a blade-shaped dyke loaded by a uniform driving pressure t.P, calculated using (2.5), (2.6), and (2.20) to 
(2.23). The dyke is indicated by a solid line, see also Fig. 2.12c. Graphs (a) to (f) show the deviatoric principal stress in the X1 ,X2-
plane: (cr1 *- PL) (graphs a- c) and (cr3*- PL) (graphs d to f), as a fraction of t.P . Shaded and unshaded fields in graphs (a) to 
(f) denote compression and tension relative to PL. respectively. Graphs (g) to (o) show the orientation of principal stress as a function 
of Poisson's ratio: v = 0 (graphs g to i); v = 0.25 (graphs h to I); and v = 0.5 (graphs m too). The long axes represent cr1 *and the short axes represent 
cr3*. In the lower three rows of graphs: unshaded fields denote cr1 * > cr33 > cr3*; fields with a darker shading denote cr1 * > cr3* > cr33; and fields 
with a lighter shading denote cr33 > cr1 * > cr3*. 
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~-~4-------.------.-------r------------~ 

Fig. 2.10 LEFM stress along line normal to the dyke (x2 = U2, see 
inset) as a function of distance from dyke x1. o 11 is shown for lt.crl/ 
t.P = 0, 0.5, and 1; and cr33 is shown for v = 0, 0.25, and 0.5. For 0 
< lt.crl/t.P < 0.77 there is a region away from the dyke (shaded for 
lt.ol/t.P = 0.5) where maximum principal stress o1 * is normal to the 
dyke, i.e. where cr11 = o1*. 

smallest principal stress a3, and therefore differential 
stress adjacent to the dyke is 'relaxed' as a result of dyke 
emplacement. However, for I ~a I I ~p < 0.77 the result is 
an' over-relaxation', leading to a region where the principal 
stress axes are inter-changed, namely where the smallest 
principal stress in the X1,Xrplane, a3* is parallel to the 
dyke (Fig. 2.10). This region extends from the dyke to 
infinity for I ~a I I ~p = 0 and decreases to a small region 
at a distance of x2 "" 0.77 L with increasing I ~a I I~- This 
region is shaded in Figure 2.10 for I ~a I I~= 0.5. The 
situation is further complicated when a33 is also taken 
into account, because a 33 can be either the greatest, the 
intermediate, or the smallest principal stress (denoted in 
Fig. 2.9g to o, by dark shade, no shade, and a light 
shade, respectively); [5] For I ~a I I~ > 1, a 11 is always 
the smallest principal stress a3 and, immediately 
adjacent to the dyke, a 22 is always the greatest principal 
stress a1 (Fig. 2.10). (This situation is expected to prevail 
in situations where magma density is greater than host
rock density, and thus may be common situation for 
basaltic magmas in continental crust (Chapter 8; Stolper 
and Walker, 1980)). 

Thermo-elastic deformation 

At the contact of a dyke, the temperature is increased by 
several hundred degrees during emplacement (§ 2.5.1; 
Delaney, 1987). The resulting thermo-elastic deformation 
is analysed in Appendix B. A primary effect involves a 
permanent constriction of the dyke due to thermal 
expansion of a small zone of host-rock normal to the dyke 
(App. B). This effect is negligible for basaltic dykes with 
a thickness of several metres or less, but may be 

significant for wider dykes when these acted as channels 
for prolonged magma flow (App. B). As secondary effects, 
high thermo-elastic deviatoric stress adjacent to a dyke 
may induce brittle failure or creep (see below). 

Brittle deformation 

Both brittle and plastic behaviour of rocks can be 
satisfactorily described by failure and flow criteria that 
are linear functions of principal stress, and that plot as 
straight lines in both Mohr space (Fig. 2.11a; e.g. Murrell, 
1990) and principal stress space (Fig. 2.1lb; e.g. 
Hallam and Ashby, 1990). 

Tensile failure occurs when the minimum compressive 
principal stress is equal to the tensile strength a 1: 

a3=a
1 (2.24), 

whereby tensile fractures are formed normal to a3. For 
crustal-type rocks, the tensile strength is between -4 and-
60 MPa (Jaeger and Cook, 1979, p. 190; Table A.3) . 

The most simple shear failure criterion is the Coulomb 
criterion: 

(a) 

'to ---:r' 
tensile-;!...~ --1---+------+----l------------------ a 
failurej 

(b) a3 

Fig. 2.11 Criteria for brittle failure, damage initiation, and plastic 
flow in Mohr space (a) and principal stress space (b) . A 
homogeneous state of stress (such as at a point p) is 
represented by a circle in Mohr space (a) and by a point in 
principal stress space (b). 
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t q = t 0 + cr q tan q> 
(2.25), 

where tq and crq are the shear and normal components of 
stress, respectively, on two conjugate surfaces, to is the 
shear strength at zero normal stress and q> is the angle of 
internal friction. Equation (2.25) can be written in 
terms of principal stress Oaeger and Cook, 1979, p. 96): 

cr1 = c 
1 

+ c 
2 

cr 3 
(2.26a); 

-2t 
0 c = 

(Jtan 
2

q> +1- tan q>) 
1 

(2.26b); 

(.Jtan 
2

q>+1 +tan q>) 
c = 

2 
(Jtan 

2
q>+1 -tan q>) (2.26c). 

Values of c1 and c2 for various rock types are listed in 
Appendix A, Table A.3 (Ashby and Sammis, 1990). 

Damage mechanics is a relatively recent development 
in brittle deformation theory, describing the evolution of 
the microfracture population (damage) with increasing 
deformation in polycrystalline media such as rocks and 
ceramics (e.g. Hallam and Ashby, 1990). When a rock is 
loaded in compression, microfractures form and extend 
due to stress concentrations that occur as the result oflocal 
mismatch in mechanical parameters between 
neighbouring grains . The initial effect of these 
microfractures is to decrease the elastic stiffness of the 
rock, and the eventual effect is the generation of a 
macrofracture by coalescence of microfractures, leading 
to macroscopic failure. (The term macrofracture is 
synonymous with the magma-driven main fracture. In 
contrast, microfractures are isolated fractures, that may 
or may not coalesce to form part of the macrofracture.) 

A number of models have been presented in recent 
years, predicting the behaviour of simple isotropic 
polycrystalline aggregates as a function of grain size 
and the initial microfracture population. For example, 
Ashby and Sammis (1990) presented a damage initiation 
criterion of similar form as (2.26a) for a variety of rock 
types, for which the values c1 and c2 are listed in Table A.3. 

The potential effect of brittle deformation adjacent to 
dykes is best illustrated in principal stress space (Fig. 
2.11b), because failure criteria, damage initiation, and the 
LEFM stress field can be plotted together. Figure 2.12a 
and b show the LEFM stress field, for a dyke in Figure 

Fig. 2.12 LEFM stress field in the X1 ,X2-plane in principal stress 
space. 
(a) LEFM stress field for llicrl/t.P = 0 (cf. Fig. 2.9a and d). (b) LEFM 
stress field for l!icrl/liP= 1 (ct. Fig. 2.9b and e). (c) Spatial coordinates 
x1/Land x2/L. (d) A change in lithostatic pressure PL can be depicted 
in principal stress space by a translation of the stress field along the 
line crt• = cr3*. Letters in (a) and (b) denote lines in 'real ' space as 
shown in (c). The shaded region in (a), (b), and (c) is the region 
around the tips. The tip in principal stress space is located at infinite 
negative principal stress, denoted by 't' . Points at an infinite distance 
from the dyke, where the state of stress is equal to the initial state 
of stress, are denoted by 'i'. 
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2.12c, plotted in principal stress space for I dcr I I dP = 0 and 
1, respectively, as lines of constant x1 and x2. (Figure 
2.12 contains essentially identical information as Figure 
2.9a, b, d, and e; the difference being that in Figure 2.12 
spatial coordinates are plotted in stress space, while 
in Figure 2.9 lines of constant stress are plotted in 'real' 
space.) Emplacement at higher or lower lithostatic 
pressure simply involves a translationofthe LEFMstress 
field along the diagonal line for isotropic stress (Fig. 
2.12d). In Figure 2.13 the LEFM stress field for PL = 0.4 GPa, 
dP = 100 MPa, and dcr = -100 MPa, has been combined with 
criteria for tensile and shear failure and for damage 
initiation for granite and sandstone (cf Fig. 2.1lb; Ashby 
and Sammis, 1990; Table A.3). Figure 2.13 illustrates that 
brittle deformation is expected in a region ahead of the tip 
which decreases in size with increasing PL (cf Fig 2.12d; 
see§ 2.3.4 for a further discussion). 

The increase in deviatoric stress due to thermo-elastic 
deformation in a region immediately adjacent to the dyke 
(App. B; Fig. 8.1) is indicated by an arrow (th) in Figure 
2.13, illustrating that shear failure may be induced at the 
contact of dykes that are emplaced at shallow levels (say 
PL $; 0.2 GPa) into relatively weak host-rock such as 
sandstone or marble, but not in relatively strong host-rock 
such as granite. 

Creep 

Deformation of the host-rock adjacent to a dyke due to 
crystal-plastic deformation (creep), is enhanced by the 
transient high temperatures and by the high thermo
elastic deviatoric stress during dyke emplacement. The 
effect of creep is analysed in Appendix C. In general, creep 
leads to a plastic, dyke-normal extension of a thin zone of 
host-rockadjacenttothedyke,resultinginanetincrement 
ofconstrictionof the dyke. Significant constriction is only 

/ 

expected for: [1] relatively thick dykes; [2] dykes which 
have acted as channels for magma flow; or [3] dykes that 
are emplaced into host-rock that is susceptible to creep, 
such as marble (App C; Fig. C.1). 

Effect of crystallization and cooling 

Crystallization of silicate melts leads to a volume decrease 
of 9-10% which, in dykes, is largely accommodated by 
shortening normal to the contact (Skinner, 1966; Petersen, 
1987). Post-crystallization cooling to the host-rock 
temperature leads to an additional increment of dyke
normal shortening in the order of 0.1% per 100° C 
(Skinner, 1966). As a result of cooling and crystallization, 
the dyke thickness measured in the field is -90% of the 
dilation during emplacement. 

The effects of thermo-elastic deformation, brittle failure, 
creep, and crystallization and cooling all result in a 
constriction of the dyke. Thus, for a given driving pressure 
distribution, the thickness measured in the field is less 
than the dilation predicted by the LEFM model, but since 
the uncertainty in the stiffness estimate is likely to exceed 
10% (§ 2.2.6), the difference between thickness and 
dilation is negligible. 

2.2.8 Concluding remarks 

Although the LEFM model as discussed above does not 
deal with propagation, it introduces two processes that 
are fundamental to magma-driven propagation. First, 
the redistribution of elastic deformation leads to a 
mechanism of elastic leverage, whereby part of a fracture 
that is not (yet) loaded by internal magma pressure is 
dilated against compressive host-rock stress, thus allowing 
magma to flow into the fracture and apply the internal 
pressure that is required for on-going propagation 
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Fig. 2.13 LEFM stress field for PL = 0.4 GPa, licr = -100 MPa, liP = 100 MPa (cf. Fig. 2.12b). Failure criteria are those for granite (App. 
A, Table A.3; Ashby and Sammis, 1990, Fig. 11 ). The arrow denoted by 'th' represents the thermo-elastic stress in a small zone adjacent 
to the dyke. Also shown is a criterion for creep, for a flow stress of 300 MPa. 



18 Theory of dyke emplacement: an overview 

(cf. Fig. 2.5c) . Second, non-elastic deformation is 
predicted in a region ahead of the tip, suggesting 
propagation (Fig. 2.13). These two processes are the result 
of the redistribution of elastic deformation, as 
opposed to non-elastic deformation, and are in essence 
similar to the 'wedging action' of intrusive magma, 
envisaged by Anderson (1942). 

2.3 Propagation balance 

The propagation balance determines whether or not a 
dyke-fracture will propagate as the result of a given 
driving pressure distribution. Propagation involves the 
extension of an existing fracture into intact host
rock, and thus necessarily involves non-elastic 
deformation in the immediate surrounding of the tip. The 
region where non-elastic deformation occurs is called the 
process zone. The 'driving mechanism' for propagation is 
the focussing of tensile stress near the tip due to elastic 
deformation of the host-rock, suggesting that LEFM may 
be used to formula tea propagation criterion. The'resisting 
mechanism' depends on the non-elastic deformation 
inside the process zone (Fig. 2.1c). The magnitude of 
this resistance, called the fracture toughness of the 
host-rock, can be expected to be a function of 
composition, microstructure, confining pressure, 
temperature, and imposed strain rate. The following 
discussion of the propagation balance for dykes includes: 
[1] the formulation of a well-known LEFM-based 
propagation criterion; [2] a review of experimental 
fracture toughness data for rock and of [3] experimental 
observations of process zones; and [4] a theoretical 
description of the micro-mechanics of deformation in the 
process zone. 

2.3.1 Propagation criterion 

A common! y used fracture propagation criterion for rocks 
(e.g. Atkinson, 1987a) states that a fracture propagates 

(a) 

when the stress intensity factor K exceeds a critical value, 
called the fracture toughness. This propagation criterion 
is derived from a more universal thermodynamic 
criterion, based on an analysis by Griffith (1920) . In this 
paragraph, the derivation of this criterion is briefly 
discussed. 

Consider the schema tic sequence in Figure 2.14, where 
an initially stress-free volume of elastic material is first 
loaded in tension by a load F, after which a fracture is 
introduced at constant displacement of the outer 
boundary. The loading stage (Fig. 2.14b) involves an 
increase in potential strain energy of the system, equal to 
the amount of work W associated with the loading. The 
introduction of the fracture at constant displacement (i .e. 
involving zero work) leads to a reduction of load F and 
hence to a reduction of the potential strain energy. Thus, a 
release of strain energy by the material is associated with 
the formation of the fracture . On the other hand, the 
formation of the fracture requires an expenditure of 
energy associated with the breaking of cohesive bonds. 
Griffith (1920) formulated a thermodynamic criterion for 
fracture propagation by assuming that propagation is 
reversible and that the total potential energy for the system 
is constant. The energy balance criterion states that 
propagation occurs when: 

o(u s + u d) 

oL (2.27), 

where oW is an increment of work done by the applied 
loading, -oUE is the decrease in potential strain energy in 
the material, 8U5 is the energy required for an increment 
of fracture formation, 8Uct is the energy dissipated due to 
non-elastic deformation in the material around the 
fracture, and oL is an increment of fracture propagation. 
The left-hand term is called the strain energy release rate 
G, which is the energy available for propagation.6 

The right-hand term is a measure for the resistance to 
propagation, and is called the critical energy release rate 

Fig. 2.14 Idealized sequence for the formation of a fracture in linear elastic material. 
(a) Initial stress-free state, associated with zero potential strain energy. (b) The application of a tensile load F leads to an extension of the 
host-medium and an increase in the potential strain energy. (c) The introduction of a fracture at constant displacement is associated with 
a decrease in F, and hence with a decrease in potential strain energy. Under a condition of thermodynamic equilibrium, the change in 
potential strain energy is equal to the energy expended on deformation associated with fracture propagation. 

6 Although the term strain energy release rate refers specifically to the case of zero displacement, equivalent to so-called 'fixed grips 
loading' (W = O) as in Fig. 2.14b to c, the sum (UE -W) is in fact independent of the external boundary conditions (Griffith, 1920). Note also 
that 'rate' refers to fracture length, not time. 
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Gc. In the original analysis, Griffith (1920) assumed ideal 
elastic-brittle behaviour with zero energy dissipation, i.e. 
8Uct/8L = 0, and predicted that: 

8U
5 

Gc= "'""8"L=2y 
(2.28), 

where yis the thermodynamic surface energy, i.e. the 
work done in separating the material in an ideal brittle 
solid (the factor 2 occurs because a fracture consists of two 
surfaces) . The surface energy is a rna terial property which 
can be estimated from elastic parameters. For several 
rock-formingminerals (e.g. quartz), the experimental value 
y is within a factor 2 of the theoretical value (Brace and 
Walsh, 1962). 

Irwin (1948) and Orowan (1949) extended Griffith's 
analysis by introducing the dissipative term, 8Uct/8L 
> 0. The apparent surface energy r is defined as the sum 
of thermodynamic surface energy and dissipated energy 
per unit area of newly created fracture surface. Thus, the 
critical energy release rate is: 

(2.29). 

Irwin (1948) and Orowan (1949) have shown that, when 
the process zone is small relative to the scale of the total 
system, non-elastic deformation processes contribute a 
negligible amount to the total energy release rate of the 
system, which is therefore sufficiently approximated by 
LEFM. This is called the small-scale zone approximation (e.g. 
Lawn, 1993). Irwin (1957) has shown that for this 
case, in plane strain loading, G can be expressed as a 
function of K: 

2 
2 (1- v ) 

G=K 
2J.1 (1 + v) (2.30). 

The thermodynamic propagation criterion (2.27) can 
now be alternatively formulated in terms of the stress 
intensity factor: 

K2:K c (2.31), 

where Kc is called the fracture toughness or critical stress 
intensity factor. Equation (2.31) is the stress intensity 
propagation criterion where Kis a measure for the loading 
around the process zone and Kc is a measure of the 
resistance to propagation. Whereas the thermodynamic 
propagation criterion (2.27) is of generally validity, the 
stress intensity criterion (2.31) only applies when the 
small-scale zone approximation is satisfied. 

2.3.2 Experimental fracture toughness data 

From the fact that the stress intensity factor K is 
immediately related to the geometry and driving pressure 
distribution of dykes (e.g. 2.11), criterion (2.31) suggests 
that all that is required to predict whether a dyke will 
propagate is to calculate K and compare this with the 
appropriate laboratory value of Kc- Compilations of 
fracture toughness data for rocks are given by Atkinson 
(1984), Atkinson and Meredith (1987a), and Whittaker 
et al. (1992). 

Experimental set-up 

Figure 2.15 shows a number of experimental set-ups used 
to measure the fracture toughness of rock, using 
different sample geometries and different types ofloading. 
In all cases, a sample with a pre-cut notch is loaded in 
tension and the Crack Mouth Opening Displacement 
(CMOD) is monitored during the experiment. The effective 
length of the fracture and the value of Kat the tip can be 
evaluated from a plot of applied load F vs. CMOD (Fig. 
2.15g), provided that the process zone is small relative to 
the size of the sample. The rock fracture toughness Kc is 
defined as the magnitude of K after propagation has 
reached a steady state. 

It may be evident that the set-ups shown in Fig. 2.15 
lead to considerably different stress distributions 
throughout the sample. For example, wedge loading of 
the double-cantilever beam specimen (Fig. 2.15a) leads 
to a fracture-parallel compression, which is absent in 
point loading (Fig. 2.15b). However, when the process 
zone lies entirely within the region around the tip where 
non-singular terms in the LEFM stress field can be neglected 
(i.e. the K-dominant region;§ 2.2.3; Fig. 2.15h), the onset of 
propagation is a function of K and not of the specific 
loading geometry. This assumption is central to the 
conceptofKc as a universal, material dependent parameter, 
but has been challenged by several workers. For example, 
Peck eta/. (1985b) have noted a variationinKcfor a wedge 
loaded double-cantilever beam specimen as a function of 
wedge angle (Fig. 2.15a), and Scott et al. (1992) reported a 
decrease in Kc with increasing sample size using a 
chevron notched short rod specimen (Fig. 2.15e). 

Effects of composition and confining pressure 

Fracture toughness values for crustal rocks at 
atmospheric conditions are in the range Kc = 0.2-4 
MPa·m112 (Fig. 2.16a). In general, ultramafic and mafic 
rocks have higher fracture toughness than felsic rocks. 
Note that Kc for sandstone and quartzite are close to the 
single-crystal value for quartz. 

Fracture toughness data as a function of confining 
pressure Pc up to 100 MPa are available for several types 
ofsandstone(Fig.2.16b; Winter, 1983;Miiller, 1986;Terrien 
et al., 1983), limestone (Fig. 2.16c; Schmidt and Huddle, 
1977; Biret et al., 1989), and for granite (Fig. 2.16d; 
Muller, 1986). Except for granite, all data shown in Figure 
2.16 are from tests with jacketed samples, where the 
confining medium (usually oil) could not penetrate the 
sample, and hence the pore fluid pressure Pf = 0. When 
unjacketed samples of porous rock such as Ruhr 
sands tone are tested, Kc is approximately independent of 
confining pressure, attributed to the effect of a pore fluid 
pressure Pt = Pc (Muller, 1986). The unjacketed tests on 
granite (Fig. 2.16d) show a behaviour intermediate between 
Pt = 0 and Pf = P0 possibly due to limited permeability 
(Miiller, 1986). 

All jacketed experiments show a steady increase ofKc 
with Pc and several cases show a near-linear relationship 
(Fig. 2.16). If this behaviour persists to higher pressures, 
the values for Kc in the lower crust may be in the range 30-
150 MPa·m112 at PL = 1 GPa. 
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Effect of temperature 

The temperatures at which dykes propagate in the crust 
are in the range 0-600 °C, and knowledge of the variation 
of fracture toughness with temperature is required to 
extrapolate available data. ForT= 20-400 oc, Kc of single
crystal synthetic quartz shows a very small decrease 
with T (Meredith, 1983) . ForT= 900-1500°C, Kc for 
single-crystal spinel increases by a factor 1.5 to 3.5, 
depending on crystallographic orientation (Stewart and 
Bradt, 1980). 

When a polycrystalline material such as rock is 
subjected to a change in temperature, microfractures are 
generated due to differences in thermal expansion between 
neighbouring grains. Because microfracture population 
strongly affects Kc, it is difficult to interpret the effect of 
temperature on the fracture toughness of rock (Meredith and 
Atkinson, 1985). The data for quartz and spinel suggest that 
there is anintrinsiceffectofT on the surface energyythatmay 
also affect the fracture toughness of rocks, but that this effect 
is likely to be small relative to the effect of PL. 

Effects of microstructure and grain size 

Peck et al. (1985a) investigated the effect of microstructure 
on fracture toughness for several rock types. They found 
that fracture toughness is high when energy is expended 
on the growth of multiple deformation structures 
over a relatively large area of the process zone. Fracture 
toughness is low when pore space or a weak constituent in 
the microstructure forms a more or less continuous 
pathway for propagation. If pre-existing microfractures 
are suitably oriented to accommodate macroscopic 
propagation their presence reduces fracture toughness, 
but if their orientation is unsuitable their presence 
enhances fracture toughness. 

The effect of grain size on fracture toughness for 
ceramics and rocks is complex, and both positive and 
negative correlations have been described ( cf Atkinson and 
Meredith, 1987b, p. 158, and Whittaker et al., 1992; p. 301) . 
Available data indicate that for granite an increase in grain 
size from 0.5 to 10 mm is associated with an increase in Kc 
of a factor -1.5 (Atkinson and Meredith, 1987b). 

The size of the process zone is found to increase with 
grain size (e.g. Ouchterlony, 1980; Labuz et al., 1985). 
Reported ratios of process zone size to grain size range 
from 5 to 40 (Whittaker et al., 1992, p. 176). 

Fig. 2.15 Schematic drawings of sample geometries and loading 
conditions used in experimental fracture propagation. 
(a to e) A sample with a pre-cut notch is loaded in tension. The 
Crack Mouth Opening Displacement (CMOD) is measured as a 
function of the load F. (f) Double-torsion loading also leads to a 
tensile loading at the tip. (g) The fracture toughness Kc can be 
constructed from a plot ofF vs. CMOD. The slope of line 1 gives the 
stiffness of the sample before fracture propagation, the slope of line 
2 gives the secant stiffness, and the slope of line 3, from an 
unloading-reloading cycle, gives the sample stiffness after 
propagation has reached a steady state. Fracture length Land the 
stress intensity factor K during propagation can be calculated using 
these data (e.g. Whittaker et a/., 1992). (h) A process zone 
characterized by non-elastic deformation is formed ahead of the tip. 
In the K-dominant region the local stress field is dominated by the 
singular terms of the LEFM stress field , and is thus, in theory, 
independent of the specific sample geometry or loading geometry. 
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2.3.3 Micromechanics of propagation 

The range of available experimental data alone is 
insufficient to predict the magnitude of Kc during dyke 
propagation under the range of conditions characteristic 
of the continental crust. Available data suggest that 
lithostatic pressure PL may be the greatest source of 
variation. In the following Sections, the micromechanics 
of deformation are discussed, both from an experimental 
and from a theoretic perspective. 

Several techniques have been used for the observation 
of process zones associated with experimental fracture 
propagation. The acoustic detection of (brittle) 
microfracturing events, also called acoustic emission 
(AE, e.g. Labuz et al., 1987; Takahashi, 1991), is used to 
monitor process zone development during propagation. 
Techniques that are used to study process zones after 
propagation include: ultrasonic probing (e.g. Labuz et al., 
1987); impregnation of the sample with a fluid in 
order to view regions of enhanced permeability (Hoagland 
et al., 1973); and direct microscopic observation (Nolen
Hoeksema and Gordon, 1987). 

Labuz et al. (1987) located the source of AE events 
during fracture propagation in two types of granite and 
found that most of the events coincide with the 
microscopically observed main fracture, whereas some 
events occur away from the main fracture plane. These 
and similar observations (e.g. Takahashi, 1991) have led to 
the general recognition of two regions of non-elastic 
deformation (Lawn, 1993): [1] a damage zone, 
consisting of microfractures in a volume of host-rock 
ahead and adjacent to the main fracture tip (Fig. 2.17a); 
and [2] a bridged interface, consisting of a part of the 
fracture where so-called bridges, unbroken ligaments, or 
interlocking grains effectively exert a closing stress on the 
fracture (Fig. 2.17b to d). Acoustic emission events may be 
associated with rupture of a bridge or ligament, or with 
the sudden release of interlocked grains. 

A damage zone moves through the host-rock with 
propagation and leaves a wake zone behind (Fig. 2.18a), 
consisting of re-closed microfractures in a zone adjacent to 
the fracture. Experimental evidence for the presence 
of damage zones comes from AE events off the fracture 
plane, from enhanced permeability of a region around the 
tip (Hoagland et al., 1973), and from the mapping of 
microfractures around the tip (Nolen-Hoeksema and 
Gordon, 1987). Evidence for bridged interfaces comes 
from experiments whereby bridging structures, ligaments, 
and interlocking segments are artificially removed by 

Fig. 2.16 Compilation of fracture toughness data for rocks. 
(a) Fracture toughness Kc for various rock types at atmospheric 
pressure and temperature. The black bars are from Atkinson (1984, 
Fig. 18), and represent data from a single type of test, and in air of 
ambient humidity. The white bars comprise wet and dry data from 
different tests, from compilations by Atkinson and Meredith (1987) 
and Whittaker et at. (1992). (b) Kc as a function of confining pressure 
Pc for sandstone rocks. Data from Winter (1983) and Terrien et at. 
(1983). (c) Kc as a function of confining pressure Pc for limestone 
rocks. Data from Schmidt and Huddle (1977) and Biret et at. (1989). 
(d) Kc as a function of confining pressure Pc for ldate granite. Data 
from Muller (1986). 
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making a saw-cut to just behind the macroscopic tip, 
resulting in a reduction ofthe fracture resistance (Knehans {a) 
and Steinbrech, 1982; Lawn, 1993, p. 231). Fracture 
resistance is increased to the original level after further 
propagation, apparently generating a new bridging 
interface. 

In the following paragraphs, two process zone models 
from the literature that describe the micromechanics of 
propagation are discussed: [1] the frontal zone model that 
includes a region of non-elastic deformation around the 
tip and treats the fracture as a stress-free surface (Fig. 
2.18a); and [2] the cohesion zone model that includes 

(a) damage zone 

(c) bridge 

(d) Interlocking 

Fig. 2.17 Schematic representation of damage zone and bridged 
interface. 
(a) Damage zone around a propagating fracture tip, showing sites 
of dilation and slip along grain boundaries. (b to d) Structures 
leading to a bridged interface, including: unbroken grains forming a 
ligament (b); offsets leading to deformed bridges (c); and irregularities 
in the fracture surface leading to interlocking (d) . 

(b) 

Fig. 2.18 Process zone models. 
(a) Frontal zone model, where the process zone is defined as a 
region of non-elastic (brittle) deformation around the tip, and where 
the fracture is stress-free. (b) Cohesive zone model, where the 
process zone is defined as a section of the fracture where dilation 
is resisted by a closing stress, and where the host-rock is linear 
elastic. 

closing stresses on the fracture surface and treats the 
surrounding host-rock as linear elastic (Fig. 2.18b). 

2.3.4 Frontal zone model 

An exact analytical description of the frontal zone model 
isnotavailableintheliterature. Anapproximateapproach 
involves the superposition of a failure criterion onto the 
LEFM near-tip stress field (Fig. 2.19; Kelly et al., 1967). 
The outer boundary f of the frontal zone is defined as the 
locus of material points in the host-rock where the LEFM 
near-tip state of stress equals the state of stress specified 
by the failure criterion. The LEFM description of the 
frontal zone model is approximate because the material 
inside boundary f is specified as being linear elastic instead 
of brittle. Irwin (1957) has shown that this leads to an 
under-estimate of the actual size of the process zone. 
Alternative approaches for analysing the frontal zone 
model have other disadvantages; for example in a 
brittle-elastic model where the material outside f is 
linear elastic and the material inside f is brittle (as in Fig. 
2.18a), either the shape or the size of the frontal zone must 
be specified a priori (Irwin, 1957; Hellan, 1985), introducing 
an element of ambiguity in the elastic-brittle analysis. The 
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Fig. 2.19 LEFM approximation of the frontal zone model. Boundary 
f is defined as the locus of points where the LEFM stress field equals 
a given failure criterion. The advantage of the assumption of linear 
elasticity within the process zone is that the boundary f is uniquely 
defined; the disadvantage is that the size of the process zone is 
under-estimated (see text) . 

advantage of the LEFM analysis is that it leads to a unique 
relationship between frontal zone size, fracture toughness, 
and initial state of stress. Furthermore, it allows an order
of-magnitude analysis of the role of creep mechanisms in 
the frontal zone during propagation under high-grade 
conditions. 

Figure 2.20 shows the LEFM stress field around a tip, 
in 'real' space (a) and in principal stress space (b), forK= 
10 MPa·m112, PL = 0.2 GPa,~cr = 0, and using failure criteria 
for granite as in Figure 2.13. For ~cr = 0, the location of 
boundary f of the frontal zone, characterized by tensile 
failure is (e.g. Whittaker et al., 1992): 

2 

r(9) = 2~ (PLK_ecr J cos{~) (1 + lsin(~)l) 2 

(2.32). 
The maximum width of the frontal zone occurs for 9 = 60°, 
and is denoted by D (Fig. 2.20a): 

2 

D"' 0.27 [ K e J 
p - (J 

L t (2.33), 
suggesting that D "' 0.7 mm for propagation in granitic 
host-rock at atmospheric conditions (using PL = 0; ~a= 0; 
Ke = 1 MPa·m112; and crt = -20 MPa) . If Ke were 
independent of (lithostatic or confining) pressure, (2.33) 
would imply that D decreases with the square of increasing 
pressure. However, experimental data suggest that Kc 
increases with pressure (Fig. 2.16), and several 
workers (e.g. Schmidt, 1980; Ouchterlony, 1980; Muller, 
1986) have suggested that the frontal zone size is a material 
constant De and hence that fracture toughness increases 
linearly with PL according to: 

K "' 1. 92 If:" (P - a ) 
e "\/ v e L t (2.34). 

Using (2.34), the critical zone sizes for the rock types of 
Figure 2.16 can be estimated from the slope ofKc versus P: 

De"' 5.3 mm for St. Pons marble; 6.9 mm for Gorges de la 
Vis marble; 1.5 mm for Comblanchien limestone; 0.7 mm 
for Indiana limestone; and 0.4 mm for Ruhr sandstone. 

Nolen-Hoeksema and Gordon (1987) measured the 
size of a zone of microfracturing around the tip of an 
experimentally propagated fracture in Stockbridge 
dolomite marble, at atmospheric conditions, as D"' 12 
mm, i.e. approximately twice the frontal zone sizes 
estimated above for St. Pons and Gorges de la Vis marbles. 
An analysis by Irwin (1957, see also Hellan, 1985, p. 19) 
indicates that the LEFM approximation of the frontal 
zone model leads to an under-estimate of the actual 
dimension of the frontal zone in the direction parallel to the 
fracture by a factor 2. Thus, the limited data available are 
consistent with the assumption of a frontal zone size 
De thatis independent of pressure. However, because this 
assumption is not based on a physical understanding, the 
use of (2.34) to extrapolate fracture toughness values to 
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Fig. 2.20 Near-tip LEFM stress field forK= 10 MPa.m112, PL = 0.2 
GPa, t.o = O, together with the frontal zone calculated for failure 
criteria as in Fig. 2.13, in near-tip 'real' space (a) and principal 
stress space (b). The width of the process zone is denoted by 2o. 
The arrow shows the movement of a material point p relative to the 
propagating tip (a) and the evolution of the state of stress for this 
point in (b ).The initial state of stress is denoted by 'i' ( cf. Fig. 2.12c). 
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pressures beyond the experimental range remains 
questionable. 

The above relationships neglect the effect of a 
deviatoric component in the initial state of stress (i.e. Llcr ;t 

0) and neglect the possibility of shear failure in the frontal 
zone. With increasing Pr., the amount of decompression, 
and therefore strain, prior to failure increase, and it is 
reasonable to expect that damage will evolve prior to 
failure (see§ 2.2.7). The inclusion of these effects leads to 
cumbersome analytical expressions, and are more easily 
solved graphically in principal stress space (Fig. 2.20b). 
Figure 2.21 shows Kc as a function of Pr_, calculated using 
criteria for tensile and shear failure and for damage 
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Fig. 2.21 Fracture toughness Kc as a function of lithostatic pressure 
PL. Solid and dashed curves represent the frontal zone model, 
calculated assuming that the frontal zone size is a material constant 
Oc· The stippled curve represents the cohesion zone model, 
calculated assuming that dilation at the base of the cohesion zone 
o· is a material constant o· c· Failure criteria for granite as in Fig. 
2.13; Kc = 1 MPa.m 1/2 for PL = 0 and <lcr = 0. 

initiation for granitic rock (Ashby and Sammis, 1990), and 
assuming a constant value Oc of 0.7 mm. The curve for a 
tensile criterion with Llcr = 0 is equal to (2.34). The effect of 
an anisotropic initial state of stress (i.e. Llcr < 0) does not 
cause an appreciable non-linearity in the relationship 
between Kc and (PL + Llcr). Figure 2.21 suggests that damage 
and shear failure may give rise to a slightly lower fracture 
toughness at pressures PL > 0.1 GPa than expected on the 
basis of a tensile failure criterion. 

Role of crystal-plastic deformation 

In previous Sections, deformation in the frontal zone was 
taken to involve brittle mechanisms. The following 
theoretical considerations indicate that this must indeed 
be the case for dyke propagation. 

During (steady-state) propagation at a constant 
propagation velocity V, the strain rate can be expressed as 
a function of x2 (Fig. 2.20a): 

& .. 
f. =V-'-l 

ij ox 
2 (2.35) 

Using (2.9), (2.35), (C.2), and Hooke's law for plane strain, 
the strain rate can be calculated as a functionofV, Kc, jl, v, 
and position. Creep due to crystal-plastic processes occurs 
at low strain rates, and is thus favoured by low fracture 
toughness, low propagation velocity, and high stiffness. 
On the other hand, creep is favoured by high 
temperatures, and is therefore not expected to occur at 
high crustal levels. The following combination of 
parameters represent conditions that are favourable to 
creep: PL = 0.4 GPa; Kc = 10 MPa·m112; V = 10-3 m/s (see 
§ 2.5.2 for a discussion of minimum propagation velocity). 
These parameters were used to calculate lines of constant 
equivalent strain rate, shown in principal stress space in 
Figure 2.22. The resulting strain rates are in the order of 
10-2 to 104 s-1, which is still several orders of magnitude 
higher than can be accommodated by creep mechanisms 
(App. C, Fig. C.1). Since more realistic conditions than 
those used above (e.g. a higher propagation velocity, or a 
higher pressure associated with high host-rock 
temperatures) will further increase the strain rate, dyke 
propagation must occur by brittle deformation throughout 
the continental crust. Furthermore, because mantle-type 
rocks are strong relative to crustal-type rocks (cf. 18 
and 11 in App. C, Fig. C.1), brittle deformation may prevail 
in the process zones of propagating dykes throughout 
most of the lithosphere (cf Wilshire and Kirby, 1989). 

2.3.5 Cohesion zone model 

In the cohesion zone model, tapering of the tip into a cusp
shape is achieved by assuming a closing stress that acts 
over a small region of the fracture immediately behind the 
tip (the cohesion zone), while the rest of the fracture is 
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Fig. 2.22 Lines of constant equivalent strain rate E, mapped in 
principal stress space for conditions favourable to plastic flow (see 
text) : PL =0.4 GPa; <lcr=O; Kc= 10 MPa.m112; V = 1o-3 m/s; v =0.25; 
Jl = 30 GPa. Failure criteria for granite as in Fig. 2.13. Also shown 
are lines of constant x1, representing the stress evolution of material 
points (cf. Fig. 2.20). 
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loaded by a positive driving pressure. This model was 
first proposed for brittle materials by Barenblatt (1962). A 
closing stress can be thought of as due to bonding forces 
on an atomic level; to cohesive forces on a crystallographic 
level; or to forces associated with ligament extension, 
bridge deformation, or frictional interlocking on a 
microstructural level (Fig. 2.17). The material surrounding 
the fracture is loaded below the elastic limit, and behaves 
in a linear elastic manner. 

Figure 2.23a shows an LEFM fracture, loaded by a 
uniform, externally applied tensile stress (PL + ~0' < 0), 
which, in the absence of a magma pressure, is equal to the 
driving pressure (2.3) . The stress intensity factor K is 
given by (2 .11). Figure 2.23b shows the same 
configuration, but now with a cohesion zone of length I* 
<< L immediately behind the tip. The cohesion zone is 
loaded by a closing stress P* which is taken to be equal to 
the tensile strength O't· A stress intensity factor K* is 
associated with the closing stress (e.g. Lawn, 1993): 

K*=P* .[f; 
(2.36), 

where K* < 0 because P" < 0. Whereas K represents the 
driving mechanism, K* is part of the host-rock resistance 
to propagation. The total stress intensity factor at the tip, 
Kt is: 

Kt=K+K * (2.37). 
When K* = -K, Kt = 0 and the tip tapers to a cusp (Fig. 
2.23b). The cohesion zone length is then, using (2.11), 
(2.36), and (2.37): 

2 2 

I*= ~(_g_) L 
16 - P* (2.38), 

and the dilation at the base of the cohesion zone length D* 
is (Lawn, 1993): 

D * = - ..iE.:..l 
nM 2M P* (2.39). 

If it is assumed that propagation occurs when D* reaches 
a critical value D*0 fracture toughness can be written as: 

Kc=.J-2MP*D"c (2.40), 

and D* c can be calculated from (2.39) using the a trnospheric 
value for Kc· As an example for a granitic rock, D"c = 0.6 
J..Lm, using Kc (0) = 1 MPa·m112, O't = -20 MPa, and M = 40 
GPa. 

For a fracture loaded by an internally applied magma 
pressure (Fig. 2.23c), the closing stress P* results from a 
combination of the tensile strength and the absence of 
magma pressure: 

P*=crt-Pm (2.41). 

When K is approximated as: 

K=~J~ (L+l*) "'~JF 
(2.42), 

(2.39) and (2.40) apply, and, using (2.3), fracture toughness 
can be written as: 
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Fig. 2.23 Cohesion zone model. 

(2.43), 

(a) LEFM fracture loaded by an externally applied tensile stress (PL 
+ t.cr < 0). (b) Idem, with a cohesion zone of length 1· and a dilation 
at the base o·. (c) LEFM fracture loaded by an internally applied 
magma pressure P m that exceeds the externally applied compressive 
stress (PL + t.cr > 0) . (d) Idem, with a cohesion zone of length 1• . 
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suggesting that, for constant driving pressure, Kc 
increases with the square root oflithostatic pressure (Fig. 
2.21). Figure 2.21 illustrates that the dependence of Kc on 
PL as predicted for the cohesive zone model is considerably 
lower than for the frontal zone model. 

An important effect of both the frontal zone and the 
cohesion zone is that they 'shield' the fracture tip from the 
infinite stress inherent in the LEFM model (Lawn, 1993). 
This is essentially achieved by smearing out the stress 
which is concentrated in a point (the tip) in the LEFM 
model over a process zone of finite dimension, namely 
the frontal zone or the cohesion zone. As a result, the 
exact definition of the tip of the macrofracture becomes 
vague, as is especially clear in the cohesion zone model, 
where the macro fracture tip may be defined either at the 
tip of the cohesion zone, marking the change from 
unstrained to strained host-rock, or at the base of the 
cohesion zone, marking the transition from maximally 
strained to ruptured host-rock (Lawn, 1993; Rubin, 1993). 
(A similar problem of defining the position of the tip of a 
macrofracture occurs in experimental deformation, 
e.g. Labuzetal. , 1987,andalsoin thestudyofdyketips,see 
Chapter 5.) 

2.3.6 Types of fracture propagation 

The frontal zone model and the cohesion zone model as 
defined above are mutually exclusive, with non-elastic 
deformation occurring either within in the host-rock or 'in' 
the fracture surface, respectively. Thus, in the frontal zone 
model the macrofracture can only propagate in an 
essentially discontinuous manner, by the coalescence of 
microfractures. On the other hand, in the cohesion zone 
model the macrofracture can only propagate by a 
continuous translation of the cohesive zone through the 
material. 

In rock, which is markedly discontinuous and 
anisotropic, both in terms of mechanical parameters and 
of stress, a clear-cut distinction between the two 
types of propagation is no longer realistic because 
localized microfracturing occurs at a level of loading 
below the bulk -strength ofthe rna terial (see§ 2.2.7), leading 
to the development of a damage zone as well as a bridged 
interface (Fig. 2.17). Thus, in rock, non-elastic processes in 
the fracture plane as well as in the host-rock adjacent 
to the fracture plane contribute to the overall fracture 
toughness by dissipating elastic strain energy (§ 2.3.1). 
Figure 2.24 shows two hypothetical types of fracture 
propagation in rock, on a microstructural scale. When a 
macrofracture propagates without significant influence 
of existing microstructural elements, this will result in a 
relatively straight and smooth fracture (Fig. 2.24a) . 
On the other hand, when a macrofracture propagates 
by coalescence of microfracture segments ahead of its tip, 
this will result in a relatively irregular fracture surface 
(Fig. 2.24b). The first type of fracture may be identified 
with a dominant cohesion zone, where the closing stress is 
associated with bonding strength of the mineral grains. 
The second type of fracture will also involve a closing 
stress, but now on a larger scale, associated with bridges, 
ligaments, or interlocking. In Figure 2.24b, a larger amount 

of fracture surface contributes to the dissipated apparent 
surface energy, and thus, the fracture toughness will be 
higher. 

2.3.7 Applicability of K-criterion 

Two requirements that must be met in order for the K
criterion (2.31) to apply are: [1] the process zone must lie 
within the K-dominant region; and [2] the process zone 
must be smaller than the smallest dimension of the 
loading system (the small-scale zone approximation, § 
2.3.1). The second requirement will generally apply to 
dykes since the size of the process zone, whether frontal 
zone of cohesion zone, is in the order of rnm, while dyke 
lengths are in the order of km, but has been challenged for 
experimental fracture propagation (e .g. Nolen
Hoeksema and Gordon, 1987). The first requirement has 
recently been challenged for dyke propagation by Rubin 
(1993), who has argued that non-singular terms play an 
important role during dyke propagation at lithostatic 
pressures PL ~ I cr1 I , and that therefore the state of stress 
around the cohesive zone is no longer represented by 
K. According to Rubin (1993, p . 15,923), a value for 
K can still be derived from the driving pressure 
distribution, but this value has no longer a physical 
meaning and criterion (2 .31) is invalid. See also 
Chapter 5. 

2.3.8 Discrepancy between K and Kc 
It was suggested in § 2.3.2 that knowledge of fracture 
toughness Kc as a function of crustal conditions, 

(a) 

(b) 

Fig. 2.24 Schematic drawing of two types of fracture propagation 
in rock. The solid line is the future macrofracture surface. 
(a) A single, straight, smooth fracture surface is formed by extension 
of the macrofracture tip with limited influence of microstructural 
discontinuities. (b) The macrofracture propagates by coalescence 
of microstructural elements such as grain boundaries, leading to an 
irregular, segmented fracture surface. 
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combined with the value forK for a given combination of 
fracture length and pressure distribution, will be 
sufficienttoevaluatewhetheragivendykewillpropagate 
or not. 

Using (2.11) and (2.14), the stress intensity factor for 
an elliptical dyke with L = 1000 m and Dmax = 1 min 
a host-rock with M = 40 GPa, is K = 1585 MPa·m112 (the 
driving pressure is ~ = 40 MPa). This value for K is 
between one and three orders of magnitude higher than 
the host-rock fracture toughness that is expected for 
crustal conditions on the basis of either the extrapolation 
of experimental data (§ 2.3.2) or theoretical models (Fig. 
2.21). More accurate estimates for fracture toughness, 
using non-uniform driving pressure distributions and a 
detailed description of the dilation profile (Chapter 4; 
Pollard and Muller, 1976; Delaney and Pollard, 1981), also 
lead to values forK that are much higher than the expected 
magnitude of Kc· This discrepancy between K and Kc 
suggests that the magnitude of K derived from the 
geometry of exposed, solidified dykes is a stationary 
stress intensity factor Kstat, that is not representative for 
the magnitude of K during propagation, which will be 
referred to as the dynamic stress intensity factor ~yn· The 
assumption made above is that Kstat >> Kctyn = Kc· An 
alternative possibility is that Kstat = Kc, implying that the 
actual fracture toughness resisting dyke fracture 
propagation is several orders greater than predicted by 
available experimental data and theoretical models. This 
problem will be addressed in Chapters 4 and 5 of this 
thesis on the basis of field evidence from exposed, solidified 
dykes. 

2.3.9 Concluding remarks 

Whereas (2.31) provides a simple criterion for propagation, 
its practical use for dyke propagation is limited because: 
[1] the magnitude of Kc as a function of crustal 
conditions remains largely unconstrained; and [2] 
because the magnitude of Kat a propagating tip cannot 
be directly derived from the geometry of an exposed, 
solidified dyke. Furthermore, its applicability may be 
limited to low lithostatic pressures as suggested by Rubin 
(1993) because at high pressures the small-scale zone 
approximation may be invalid. 

The frontal zone model and the cohesion zone model 
form a physical basis for the understanding of the 
micromechanics of propagation. However, because rock 
is not an ideal continuum, neither model is fully 
satisfactory. In particular, whereas the two models are 
mutually exclusive in an ideal continuum, in rock both a 
damage zone and a bridging zone occur, suggesting that 
elements of both models contribute to the total fracture 
toughness. 

2.4 Viscous flow resistance 

The assumption that Kstat >> Kctyn = Kc (§ 2.3.8) implies 
that the critical resistance to on-going dyke propagation, 
ultimately causing arrest, is not the fracture 
toughness of the host-rock but may involve a 
resistance inherent in the process of magma flow (cf 
Lister and Kerr, 1991, p. 10,074). Thus, an assessment of 

the cause of propagation arrest requires the study of 
dynamic models for dyke emplacement based on fluid 
dynamics and heat flow. Dyke emplacement dynamics 
cannot be studied by field analysis of solidified dykes, and 
therefore, treatment in this thesis is limited to a discussion 
of principles and existing models in the remaining Sections 
of this Chapter. 

The stationary dyke model discussed in Section 2.2 
involved a fracture that is dilated against compressive 
host-rock stress by a hydrostatic magma pressure. The 
propagation criterion discussed in Section 2.3 addressed 
the onset, but not the kinematics of propagation. Below, 
the discussion of dyke emplacement is taken a step 
further by including the fluid dynamics of magma flow, 
while retaining the LEFM description for host-rock 
deformation and the propagation criterion. In this Section, 
the basic aspects of fluid dynamics of magma flow are 
discussed, together with a simple dynamic model for 
dyke propagation. Models that include effects of cooling 
and solidification are added in Section 2.5. 

The aims of this and the following Section are: [1] to 
discuss the effect of flow on the dynamic stress intensity 
factor; [2] to identify a cause for propagation arrest, 
alternative to the K-criterion; and [3] to estimate the 
theoretical range of dyke propagation velocities in order 
to assess the efficiency of dyke emplacement as a crustal 
extensional deformation mechanism. 

2.4.1 Viscous flow of basaltic magma 

The viscosity T] of magma is a function of temperature, 
pressure, crystallinity, and composition. (Bubbles of a 
vapour phase also affect viscosity (e.g . Carrigan et al., 
1992), but are ignored here.) The viscosity of crystal-free 
magmas increases with decreasing temperature Tm (Fig. 
2.25). The effect of pressure on the viscosity of tholeiitic 
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Fig. 2.25 Experimentally measured viscosity Tl as a function of 
magma temperature T m for crystal-free basaltic magmas, from a 
compilation by Ryan and Blevins (1987). 1: Olivine basalt, Gembudo, 
Japan (Kani, 1934); 2: Columbia River basalt (Murase and McBirney, 
1973); 3: Olivine tholeiite, Kilauea, Hawaii (Ryan and Blevins, 
1987); 4: Olivine basalt, Vogelsberg, Germany (Euler and Winkler, 
1957). The shaded region defines the range of all basaltic magma 
types compiled by Ryan and Blevins (1987). 
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basaltic magma is relatively small: a pressure increase of 
1 GPa leads to a viscosity decrease of -35% (Kushiro, 
1980). A more significant effect is due to the presence of 
water. At 1200°C, an increase in H20 concentration 
from 0 to 2 wt% leads to a viscosity decrease of a 
factor 20 inbasalticmagma(Khitarovand Lebedev, 1978). 

Most basaltic dykes contain small amounts of 
phenocrysts, implying that they were emplaced at a near
liquidus temperature, i.e. below -1200 °C, and that 100 
Pa·s is a reasonable estimate for the viscosity of such 
basaltic magmas (Fig. 2.25; cf Turcotte et al., 1987; Lister 
and Kerr, 1991). For dykes with more basic or more 
alkaline composition, or with high concentrations of 
H20, viscosities may be as low as 1 Pa.s (Huppert and 
Sparks, 1985). The models discussed in this Section 
assume constant viscosity, i.e. neglect cooling and 
solidification 

Magma flow is confined to a central channel within a 
dyke of width w, which is generally smaller than the 
dilation D, due to solidification at the margins. Magma 
flows in the direction of decreasing magma pressure. The 
two-dimensional magma flux Q [m2 /s], is defined as 
the product of channel width and mean magma flow 
velocity u: 

Q = u w (2.44). 

With increasing magma flux, the type of flow changes 
from laminar to turbulent. Full turbulent flow is 
generally assumed to occur for Re ~ 1000, where Re is the 
Reynolds number: 

Pm 
Re = 11 Q 

(2.45), 

where Pm is the density of the magma. For laminar flow, 
the mean magma flow velocity is given by: 

2 

1>=- ~VP 
12'11 m (2.46), 

where V Pm is the magma pressure gradient. Turbulent 
flow velocity is approximated by (Lister and Kerr, 1991): 

[ 

5 yp
4

]

1

!7 
U=- 4.69 w 

3 
m 

'11 P m (2.47). 

Flow velocity as a function of channel width is shown in 
two graphs in Figure 2.26, contoured for various values of 
viscosity and magma pressure gradient. 

2.4.2 Magma vapour phase 

The magma pressure gradient V Pm that drives magma 
flow is also called the viscous pressure drop. In a 
propagating dyke, maximum magma pressure P5 occurs 
in the source region or magma chamber, and minimum 
pressure occurs in the newly created tip. Because the 
channel width decreases towards a dyke tip, the magma 
pressure gradient that drives magma into the tapering tip 
region must increase towards the tip (e.g. Lister and Kerr, 
1991). Because negative magma pressure is physically 
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Fig. 2.26 Mean magma flow velocity '0 as a function of channel 
width w, calculated using (2.46) and (2.47). The transition from 
laminar to turbulent flow is calculated for Pm = 2800 kgfm3 at Re = 
1000. 
(a) Contoured for various viscosities at a constant pressure gradient 
v Pm = 1 os Palm. (b) Contoured for various pressure gradients at 

constant viscosity 11 = 100 Pa·s. 

impossible, magma will not be able to flow all the way to 
the fracture tip. It is commonly assumed that a vapour 
phase is present ahead of the magma during propagation 
(e.g. Currie and Ferguson, 1970; Anderson, 1978; Lister, 
1990). Volatiles may enter this vapour phase by boiling of 
the low-pressure magma just behind the vapour 
phase, by porous flow from permeable host-rock into the 
tip region, or by the assimilation of fluid inclusions and 
hydrous minerals from the host-rock. Volatile species 
such as H20 and C02 are generally present in small 
concentrations (typically 0-1 wt%) in natural basaltic 
magmas. The volatile saturation pressure for such 
magmas is negligible relative to the lithostatic pressure 
for PL ~ 0.1 GPa. (Wilson and Head, 1981). The viscosity 
of a vapour phase is several orders of magnitude lower 
than that of a mafic magma, and a vapour phase would 
thus be able to flow more easily, and more rapidly, 
into the frontal tip region (e.g. Anderson, 1978). 

Before discussing full-scale fluid dynamic models for 
dyke emplacement, it is instructive to discuss a simple 
model, derived from the cohesion zone model (Pollard, 
1987; Rubin, 1993), that describes the reduction of the 
stationary stress intensity factor Kstat to a lower dynamic 
value Kdyn, due to the presence of a vacuum- or vapour
filled region ahead of the magma. 
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Figure 2.27a shows the schematic tip region of a 
dyke loaded by a uniform magma pressure Pm over the 
full length L. It is assumed that the tip of the dyke is 
located at the base of a cohesive zone (not shown) that 
reduces the stress intensity factor at the tip, Kt to zero (cf 
Fig. 2.23d). The value K that is calculated using (2.11) is 
the stationary stress intensity factor, Kstat· When 
propagation occurs, the newly created length of 
fracture is dilated by the mechanism of elasticleverage (§ 
2.2.4) before magma can flow into it. This will result in 
either a vacuum in the fracture ahead of the magma, or in 
the exsolution of dissolved volatiles from the magma to 
form a vapour phase. Figure 2.27b shows a schematic 
magma pressure distribution in a propagating dyke with 
a vapour phase. Because the viscosity of a vapour phase 
is several orders smaller than that of a magma, the viscous 
pressure drop for a given flow velocity in a channel of 
given width is much smaller in the vapour phase than in 
the magma, leading to the sharp decrease in pressure 
near the magma-vapour interface. In Figure 2.27c this 
pressure distribution is further simplified by assuming 
that P m and P v are constant and that P v << P m· Because the 
vapour pressure is much smaller than the host-rock 
stress, a negative driving pressure P* (Rubin, 1993) acts 
over the length of the vapour phase lv << L, superposed 
on the magma driving pressure LlP acting over L. The 
magnitude of this negative driving pressure is: 

P*=Pv-Pm 

= P v - (P L + dcr + dP ) 
(2.48). 

Analogous to the cohesion zone model, the negative 
driving pressure contributes a stress intensity factor 
Kv < 0 to ~yn: 

K ctyn = K stat + K v 

"' dP ffl- (P + dcr + dP- P ) rs;-V 2 ._, L v V ft 1v 

(2.49). 

A steady state vapour phase is formed when ~yn = K0 in 
which case the dimensions of the vapour filled region are 
given by: 

2 n; 2 
dP -L-K 2 c 

IV"' -8--------~2 

1t (P L + dcr + dP - p v) (2.50); 

4 ( p L + dcr + dP - p v) 
D (1 ) "'- I v rc M v (2.51). 

The dimensions of the vapour-filled zone, lv and D(lv), 
are shown in Figure 2.28 as a function of PL, for a 
dyke characterized by L = 1000 m, LlP = 10 MPa, dcr = -10 
MPa, M = 40 GPa, and Pv "'0, and for Kctyn = 0. For this 
dyke, Kstat = 1560 MPa·m112. Figure 2.28 illustrates that, 
for PL ~ 0.2 GPa, a vapour phase of limited size Ov $ 

1 m) is sufficient to reduce the stress intensity factor 
at a dyke tip to Kc. 
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Fig. 2.27 The effect of a vapour phase on dyke tip shape and stress 
intensity factor. 
(a) A stationary fracture is loaded over its full length L by uniform 
magma pressure. (b) Schematic drawing oft he non-uniform pressure 
distribution in a propagating dyke, loaded internally by magma with 
a vapour phase of length lv << L at the tip. Because vapour pressure 
Pv « (PL + 6cr), a negative driving pressure acts over the length of 
the vapour-filled fracture. (c) Simplified pressure distribution used 
in vapour phase model, where magma pressure Pm and vapour 
pressure Pv << Pm are both uniform. The negative driving pressure 
at the tip results in a cusp-shaped tip and a dynamic stress intensity 
factor ~yn << Kstat· 

A similarity between the vapour phase and the 
cohesion zone is suggested by the fact that both tend to 
give rise to a cusp-shaped tip. However, it is important to 
realize that a cohesion zone and a vapour filled zone are, 
in fact, very different. The vapour phase is part of the 
driving mechanism, even though it makes a negative 
contribution relative to a uniform magma pressure, 
whereas the cohesion zone forms part of the resisting 
mechanism, or 'strength' of the host-rock (cf Fig. 2.1c). 

2.4.3 Dynamic model for dyke emplacement 

Magma flow is driven by a magma pressure gradient and 
resisted by the viscous shear forces in the magma 
(2.46 and 2.47). The magma pressure gradient required 



30 Theory of dyke emplacement: an overview 

(a) 

lv 
(m) 

(b) 

D(lv) 
(mm) 

1.0 

0.9 

0.8 

0.7 

0.6 

0.5 

0.4 

0.3 

0.2 

0.1 

0 
0 0.1 0.2 0.3 0.4 0.5 0.6 0.7 0.8 0.9 

PL (GPa) 

10 

9 

8 

7 

6 

5 

4 

3 

2 

o+-~--~~--~~--~~~~--~~ 
0 0.1 0.2 0.3 0.4 0.5 0.6 0. 7 0.8 0.9 

PL (GPa) 

Fig. 2.28 Length lv (a) and dilation D(lv) (b) of a vapour phase as a 
function of lithostatic pressure PL. calculated using (2.50) and (2.51 ), 
for L = 1000 m, 6P = 10 MPa, 6cr = -10 MPa, M = 40 GPa, Pv = 0, 
and Kdyn = 0. 

to drive the flow must be balanced by an opposite gradient 
in the host-rock stress, which can be either: [1] a gradient 
in the elastic stress cf'11 on the surface; [2] a gradient in the 
initial tectonic stress ~cr; or [3], for vertical propagation, a 
buoyancy gradient. A buoyancy gradient is defined as the 
difference between the lithostatic stress gradient and the 
hydrostatic magma pressure gradient in a hypothetical 
stationary magma column (e.g. Lister and Kerr, 1991). 
Buoyancy gradients and tectonic stress gradients are part 
of the driving pressure gradient. 

In a propagating blade-shaped dyke, the fluid 
dynamics of flow dictate a relationship between magma 
viscosity, propagation velocity, the dilation profile 
D(x2), and the magma pressure distribution Pm(x2)· 
Because the elastic deformation of the host-rock also 
involves a relationship between D(x2) and P m(x2), a 
dynamic model for a propagating dyke requires the 
coupled solution of an LEFM description of host-rock 
deformation and a fluid dynamic description of viscous 
magma flow. Over the last decade, a number of dynamic 
dyke models have been presented in which cooling and 

solidification are neglected (e.g. Turcotte et al., 1987; Lister 
and Kerr, 1991; Nakashima, 1993). In order to illustrate 
some of the fundamental dynamic relationships during 
dyke emplacement, one model is discussed in some detail. 

Turcotte et al. (1987) described an approximate 
model for the dynamics of a blade-shaped dyke, 
propagating through host-rock without tectonic stress 
gradients and without a buoyancy gradient (Fig. 2.29a). 
The resistance to propagation due to fracture 
toughness is assumed to be negligible relative to the 
resistance due to viscous flow, i.e. Kc = 0 (Turcotte et 
al., 1987; see§ 2.4.4). A constant magma flux Q enters the 
dyke from a one-dimensional (linear) source I I X3, at the 
centre of the dyke. The dyke propagates outward from 
this centre in both directions I I X2, at a velocity V. For the 
purpose of this thesis, propagation velocity will be 
expressed as a function of maximum dilation Dmax, 
dyke length L, and source driving pressure ~Ps. The 
d ynamic dilation profile of the dyke in the case of 
laminar flow is (Turcotte et al., 1987): 

[ 
4 (L x - x

2
) ]

2

!3 
D (x ) = D 2 2 

2 max 2 
L (2.52), 

where the length Land the maximum dilation Dmax 
(at x2 = Ll2) are a function of time: 

1/6 

L==l.178Q 112 (~) "(,
213 

(2.53); 

1/6 

Q l/2 (M'll) ,..113 D max == 1.698 .., 
(2.54). 

The propagation velocity is: 

1/6 

Ql/2 ( MTJ ) -1!3 == 0.393 r, 
(2.55), 

and the source driving pressure is approximated by: 

D 
LP =M~ 

s L (2.56) . 
In the case of full turbulent flow the dyke is 

characterized by (Turcotte et al., 1987): 

D (x ) = D 
2 max 

3 / 8 1 /6 

L == 2.70 Q
118 

~124 "(,
213 

Pm 11 

Dmax 

5 18 1,S 1/24 
Q p T] 1!3 

== 0.714 m "(, 
1 /6 

M 

(2.57); 

(2.58); 

(2.59); 
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3/8 1/6 
Q M -1/3 

Vz 0.90 S 
1 /8 1/24 

Pm 11 (2.60). 

Figure 2.29b to d shows the time required to 
reach a given length and the maximum dilation and 
propagation velocity as a function of dyke length, for 
several values of Q, using TJ = 100 Pa.s and M = 40 
GPa. The source driving pressure .1-P s has also been 
contoured on these graphs. As an example, consider 
the propagation of a dyke with L = 1 km and Dmax = 
1 m (arrow in Fig. 2.29b to d) . In 90 minutes, L has 
increased to 10 km, Dmax has increased to 3m, D.P5 

has decreased from 20 to 6 MPa, and V has decreased 
from 16 to 5 m/s. 

2.4.4 Resistance due to viscous flow vs. 
resistance due to fracture toughness 

In the model described above, it was assumed that the 
resistance to dyke propagation due to fracture toughness 
Kc is negligible relative to the resistance due to viscous 
flow. The balance between these two sources of 
resistance has been analysed by several workers (e.g . 
Turcotte et al., 1987). For the example in § 2.4.3 
(arrow in Fig. 2.29b to d), the resistance due to Kc is 
negligible relative to the resistance due to TJ for Kc ~ 10 
MPa·m112 (cf Turcotte et al., 1987, Eqs. 18 and 19). 

The case that the fracture toughness of the host-rock 
is negligible can be envisaged by assuming that Kc = 
0, i.e. propagation occurs when K = 0; the tip has a cusp
shape (Figs 2.6b and 2.29a); the magma pressure 
distribution at the tip is characterized by a strong 
gradient near the tip with a vacuum or vapour-filled tip 
(§ 2.4.2); and the propagation velocity is limited by the 
magma flow velocity (Fig. 2.29d). 

The case that the resistance due to viscous flow is 
negligible can be envisaged by assuming thatTJ = 0, i.e. the 
magma is in hydrostatic equilibrium during flow; the 
dynamic dilation profile is equal to the stationary dilation 
profile; propagation occurs for K = Kc > 0; the near-tip 
dyke shape is parabolic and is determined by Kc 
according to (2.15); and the propagation velocity is 
limited by the elastic wave velocity in the host-rock, 
and is in the order of km/s (e.g. Lawn, 1993, p. 94). 

Fig. 2.29 Dynamic model for dyke emplacement (Turcotte et at., 
1987), characterized by a zero tectonic stress gradient, a zero 
buoyancy gradient, and by constant viscosity. Constructed from 
(2.52) to (2.60) forT]= 100 Pa.s and M = 40 GPa. 
(a) Model geometry for laminar flow, assuming Kc = 0. A constant 
magma flux a enters the dyke at the central line, and propagation 
occurs in both directions at a velocity V. (bto d) Graphs showing the 
time since the onset of propagation I; (b), maximum thickness Dmax 
(c), and propagation velocity V (d) as a function of dyke length L. All 
graphs are contoured for values of constant magma flux a, and for 
constant source driving pressure t.P s· Dashed lines for constant a 
denote turbulent flow. The arrow in (b) to (d) denotes the evolution 
of a dyke with L = 1 km and Dmax = 1 m, propagating to L = 10 km. 
Propagation arrest due to solidification is predicted for the shaded 
region using (2. 72), forT hi = 200°C and other parameters as in Fig. 
2.31 , see also§ 2.5.2 for a discussion. 

2.4.5 Comparison with hydrofracture experiments 

Dynamic aspects of dyke emplacement cannot be studied 
directly, and must be obtained from analytical models 
such as discussed above. A direct test of such models, 
i.e. on dykes propagating through the crust is 
impossible as it would require knowledge of the initial 
state of stress throughout the crust, of the host-rock 
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stiffness and of the magma viscosity, and measurement 
of the magma pressure in the source region and in the 
propagating dyke, of the propagation velocity, and of the 
total dyke geometry. However, some insight in the 
accuracy of dynamic propagation models can be gained 
from hydrofracture propagation experiments. 

A hydrofracture is formed in the wall-rock of a 
borehole by pumping water or oil into a sealed-off 
section of the borehole (e.g. Rummel, 1987). The borehole 
affects the initial state of stress in its immediate vicinity, 
but at sufficient distance from the borehole, conditions 
may resemble that of a propagating dyke. Large-scale 
hydrofracture experiments have been carried out in mines, 
where the progressive dilation of the fracture and the 
pumping pressure were monitored during fluid flow into 
a pre-existing fracture (e.g. Warpinski, 1985). The use of a 
pre-existing fracture effectively eliminates the role of host
rock fracture toughness Kc· Thus, two assumptions that 
are made in the fluid dynamics models for dykes, namely 
the negligence of Kc and of cooling and solidification, 
are met in these experiments. A difference between 
hydrofracture propagation and dyke propagation is 
due to fact that hydrofractures commonly lose fluid to 
host-rock by porous flow (e.g. Warpinski, 1985). 

The following observations from hydrofracture 
experiments are important for dyke emplacement models 
(Warpinski, 1985): [1] a fluid-free, cusp-shaped region 
exists ahead of the fluid phase; [2] the 'source' driving 
pressure required to sustain flow at a given velocity 
is higher than predicted by the dynamic models; [3] 
post-experiment excavation of the fracture surfaces reveals 
segmentation of the fracture surface, involving offsets and 
multiple fracture strands. Warpinski (1985) concluded 
that theoretical models under-estimate the pressure 
drop required for propagation because structural effects 
associated with fracture segmentation lead to large-

magma 
source 
reg ion 

scale roughness of the fracture walls. Since segmentation 
is common on all scales in dykes (Main et al., 1990; 
Chapter 3), it may be expected, by analogy, that the 
dynamic models discussed above over-estimate the 
propagation velocity for a given source driving pressure. 

2.4.6 Concluding remarks 

Dynamic models for dyke emplacement lead to a 
relationship between propagation velocity, viscosity, dyke 
length and dilation, and source driving pressure. The 
propagation velocity predicted by these models is in the 
range V = 0.1-100 m/s. Because the effects of 
segmentation, cooling, and solidification are neglected, 
dynamic models are expected to over-estimate flow and 
propagation velocities. 

2.5 Heat balance 

In the dynamic models discussed in Section 2.4, heat loss 
is neglected and hence the dyke as a whole remains 
isothermal. Such models predict that propagation will 
occur until K becomes equal to Kc· The fact that K 
calculated for arrested tips is considerably higher 
than Kc (§ 2.3.8) implies that heat loss may play a 
significant role in causing propagation arrest. 

Ambient temperatures of continental crustal rocks 
are several hundred to over a thousand degrees lower 
than the solidus temperatures of basaltic magmas. 
Hence, there is a continuous heat transfer from a dyke to 
the host-rock, leading to heating of the host-rock and 
cooling of the dyke, and resulting in solidification of the 
magma. Figure 2.30 shows the schematic heat 
transport in a propagating dyke (Delaney and Pollard, 
1982). A central channel is isolated from layers of 
solidified magma and the host-rock by a thermal 
boundary layer (TBL). Inside this channel, heat 

D crystal-free magma 

ij::;~; crystal-bearing magma 

• solidified magma 

=::;:::> advective heat transport 

~ conductive heat transport 

Ill (partially) molten host-rock 

Fig. 2.30 Schematic drawing of heat transport in a dyke propagating at a velocity V. Crystallization occurs mainly in the thermal boundary 
layer (TBL). The width of the channel available for flow is equal to the dilation minus the thickness of the solidified layer. See text for 
discussion. 
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transport is downstream i.e. parallel to the dyke 
contact and occurs by flow. In a given cross-section 
through the dyke, normal to the flow direction, 
magma in the channel is isothermal (Fig. 2.30), but 
the temperature in the channel drops with distance from 
the source, illustrated by the appearance of crystals 
in the channel. In the TBL, heat transport is both 
downstream by flow and cross-stream by conduction. 
Heat transport in the solidified layer and the host-rock is 
approximately normal to the dyke and occurs by 
conduction (Delaney and Pollard, 1982). In porous host
rock, hydrothermal convection of pore fluids can be an 
additional mechanism of heat transport away from the 
dyke, but in general the effect will be negligible during 
solidification (Delaney, 1987). 

Heat loss has three major effects on propagation (Fig. 
2.30): [1] the width of the flow channel is not equal to 
the fracture dilation, but is constricted by 
solidification at the sides. In some instances melt-back 
of the solidified layer, and even of the host-rock, may 
occur (Fig. 2.30); [2] The decrease in magma temperature 
with distance from the source leads to an increase in 
viscosity. In general, these two effects imply that the 
velocity associated with given source driving pressure is 
lower than suggested by models where heat loss is 
neglected; [3] When the propagation velocity falls below 
a certain minimum value, growth of the solidified layer 
will exceed the increase of dilation with distance from the 
tip, leading to blocking of the tip region and therefore to 
arrest (cf. Lister and Kerr, 1991, p . 10,074). The latter 
effect leads to the definition of a critical velocity, and 
will be discussed in some detail. First, it is necessary to 
describe a model for the growth of the solidification layer. 

2.5.1 Solidification and host-rock temperature 
distribution 

In this paragraph, the approximate solidification time ~sis 
described as a function of dyke dilation D, in the 
hypothetical case of instantaneous emplacement (e.g. 
Delaney, 1987). Instantaneous emplacement can be 
envisaged as a two-stage process, with a first staged uring 
which the dyke is emplaced isothermally, and a second 
stage during which cooling and solidification occur. Thus, 
at a time~= 0, marking the beginning of the second 
stage, dilation is complete, while the width of the 
solidification layer m = 0. The magma and the host-rock 
are isothermal at~= 0. Solidification commences at~= 0 
and is complete at~=~& which is given by (e.g. Delaney, 
1987): 

2 
D 

~s= _...;;;;_ __ 2 

16 1( h A. 
(2.61) . 

where Kh is the host-rock thermal diffusivity [m2/s]. The 
parameter A. is a function of the thermal properties of 
host-rock and dyke, of the initial host-rock temperature 
Thi, ofthe magma temperature Tm, andofthe liquidus and 
solidus temperatures T1 and T5 • In the following, it 
will be assumed that T m = T1, which is a reasonable 

approximation for dykes that carry a small amount 
of phenocrysts. The derivation of A. will be discussed 
below. 

For~ :o; ~5, i. e. during the period that some magma is 
still present in the dyke, the temperature in the host
rock T(x1,~) is given by (Delaney, 1987): 

(2.62), 
where Tci is the initial contact temperature (derived 
below), and erf is the error function . The latter 
involves an integral for which no analytical solution is 
available, but which can be approximated by (Philpotts, 
1990, p. 77): 

erf p = 

2 

1- (0.34802 q- 0.09587 q2 +0 . 74785 q 3)e -p 

(2.63a); 

1 
q = 1 + 0.47047 p 

(2.63b). 
The parameters A. and T ci can be determined by 
simultaneously solving the following two equations 
(Delaney, 1987): 

(T m- T hi) ph C h c 4 erf ( - A.:J2':) 

(T ci - T hi) 
0 

(T m- T hi) 

where: 

c = _K h_ (1 + -=-~-=H~--=~) 
3 K m C m (T m- T s) 

1( 
h 

c =-
4 K m 

(2.64a); 

(2.64b), 

(2.65a); 

(2.65b), 

H is the latent heat of crystallization, which is released 
during cooling of the magma from T m toTs- and Km is the 
magma thermal diffusivity. For basaltic magmas, latent 
heat of crystallization H = 0.7-1 GJ/m3 and specific heat 
Cm = 2-3 MJ/m3 °C (e .g. Delaney, 1987). Thermal 
diffusivity increases with temperature (Delaney, 1987, 
Fig. 2) and with pressure (Seipold, 1992, Fig. 5) . For 
crustal rocks, including basalt, the thermal diffusivity is 
K = 0.4-3 mm2/s (Delaney, 1987; Seipold, 1992). 
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Figure 2.31 shows the solidification time as a function 
of dyke dilation, and Figure 2.32 shows the host-rock 
temperature as a function of normalized distance from the 
contact. As an example, in host-rock with T hi= 200°C, a 1 
m thick dyke takes just over a week to solidify, whereas a 
10 mm thick near-tip section needs a minute (Fig. 2.31). In 
both cases, a maximum contact temperature of -750°C is 
attained when solidification is just complete (Fig. 2.32). 

In the model discussed above, it is assumed that 
crystallization is complete forT= T s- whereby the latter is 
uniquely defined and is constant throughout 
solidification. In reality, crystallization is a time- and 
temperature-dependent process involving crystal 
nucleation and crystal growth. The solidus temperature 
decreases with increasing cooling rate, and when cooling 
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Fig. 2.31 Crystallization time ~s as a function of dyke thickness 
D, for initial host-rock temperatures T hi ranging from 0 to 600°C 
with 1 ooo intervals. Curves were calculated assuming 
instantaneous emplacement and complete crystallization (2.61 
to 2. 70; Delaney, 1987) and using the following parameters : 
T m = 1150°C; T5 = 950°C; H = 0.8 GJ/m3; Cm = 2.5 MJfm3.oC; 
Pm = 2750 kg/m3; and Kh = Km = 0. 7 mm2fs. 
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Fig. 2.32 Distribution of temperature Tin host-rock adjacent to 
a dyke as a function of normalized distance to the contact (x1/ 
D) for initial host-rock temperatures T hi ranging from 0 to 600°C 
with 1 ooo intervals. Curves were calculated assuming 
instantaneous emplacement and complete crystallization (2.62 
to 2.65; Delaney, 1987). Parameters as inFig. 2.31. 

is too rapid for complete crystallization, part of the 
magma will be quenched to a glass. Because cooling rate 
itself is also a function of crystallization, an exact 
analytical solution of solidification problems is generally 
impossible (Ghiorsio, 1991 ). According to Delaney (1987), 
cooling in the absence of crystallization leads to an 
approximate three-fold increase in solidification rate 
relative to (2.61) . 

2.5.2 Critical propagation velocity 

In Section 2.4 it was suggested that propagation arrest 
may be due to a resistance associated with magma flow 
and heat flow processes. Below, a simple model for 
propagation arrest due to solidification at the tip is 
presented, leading to an expression for a critical 
propagation velocity. 

In the instantaneous emplacement model, the width 
w of the channel available for magma flow decreases from 
an initial dilation D by the continuous growth of two 
solidified layers of width m, using (2.61): 

w= D- 2m(~) 

=D-4f...R 
(2.66). 

In reality, the dilationincreaseswithdistancex2 behind the 
tip. For steady state propagation, this distance is a function 
of time: 

x 2 (~)=V ~ (2.67). 
Thus, (2.66) can be written as: 

w(V,~) = D(V,~)-uR 
(2.68). 

Since propagation can only be sustained when magma can 
flow into each increment of newly created tip, a critical 
velocity Vc can be defined for the case that magma flow 
into the tip is blocked by solidification, i.e. forw(~) = 0. An 
expression for a critical velocity Vc can be derived for the 
limit that the resistance due to viscous flow is negligible 
relative to the fracture toughness, i.e. for 11 = 0 (§ 2.4.4). In 
this case the dynamic near-tip profile is equal to the 
stationary profile and ~yn =!<stat= Kc· Using (2.15) and 
(2.67), the near-tip dilation profile can be expressed as: 

D(~)=~ ~ 
M V 1t v <, (2.69) . 

Combining (2.68) and (2.69) and solving for w(V 0~) = 0 
gives: 

KcJ8 R wV =- -V -4A. K =0 ( c ,~) M 7t c ~ h ~ (2.70); 

vc 
(2.71). 

Using (2.11), criterion (2.71) can alternatively be 
expressed, for a dyke with a uniform driving pressure 
distribution, as a function of L and ~P: 

2 
- 2 L ~2 M v c - 7t l(h !1. --2 

~ 
(2.72). 
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Criteria (2.71) and (2.72) are shown in Figure 2.33a 
and b, respectively, for M = 40 GPa and thermal 
parameters as in Fig. 2.32. Criterion (2.72) was also used 
to schematically define a region of solidification in Figure 
2.29, with T hi = 200°C, and thermal parameters as in 
Fig. 2.32. (This region is identical to that derived from a 
different solidification criterion by Spence and Turcotte, 
1985.) Figure 2.29 suggests that a dyke with L = 1000 
m and Dmax = 1 m will, in practice, not be arrested by 
blocking of the tip unless one of the boundary 
conditions of the underlying model is released, e.g. 
when the magma flux Q decreases with time, or when 
the driving pressure decreases in the direction of 
propagation. 

Under realistic conditions, however, the resistance 
due to viscous flow is not negligible(§ 2.4.4; Turcotte 
et al., 1987). In this case, the dynamic near-tip dilation 
profile will be characterized by greater dilation than the 
stationary near-tip dilation profile that is described 
by K0 suggesting that the magnitude of Vc is over
estimated by (2.71) and (2.72). (See§ 5.3.6 for a further 
discussion.) Figure 2.33a suggests that the critical 
velocity decreases with crustal depth, since both Thi and 
Kc increase with depth in the crust. 

2.5.3 Effect of magma flow 

The assumption of instantaneous emplacement neglects 
the role of magma flow in the transport of heat during 
dyke emplacement. In general, the magma temperature 
decreases with distance from the source region (Fig. 
2.30), effectively posing a limit to the total distance a 
dyke can propagate. This limit is approximated by 
the so-called thermal entrance length, which is discussed 
by Delaney and Pollard (1982). Although viscous shear 
heating can theoretically lead to heating of the magma, 
and even to thermal runaway (Fujii and Uyeda, 1974), 
Delaney (1987) has shown that for most situations viscous 
shear heating is negligible. 

Although the magma temperature in the channel 
decreases with distance from the source, it increases with 
time at a given position in the channel since the up-stream 
part of the channel for a given position is progressively 
insulated from the surrounding cold host-rock and as a 
result the magma flowing through this part of the channel 
loses progressively less heat if the flow velocity remains 
constant. As a result ofthe heat carried by the magma, the 
solidified layer may be back-melted at positions that are 
relatively close to the source region, as illustrated in 
Figure 2.30. At positions relatively close to the dyke tip, 
the solidified layer continues to grow inward. 

The balance between solidification and back-melting 
has been studied, using numerical techniques, by 
several workers (e .g. Delaney and Pollard, 1982; Bruce 
and Huppert, 1990; Carrigan et al., 1992). The models 
that have been described to date neglect the 
propagation stage of dyke emplacement, and assume 
instantaneous emplacement of a dyke of given length 
and either constant initial channel width (Delaney 
and Pollard, 1982; Bruce and Huppert, 1990), or a simple 
tapering channel (Carrigan et al., 1992). 
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Fig. 2.33 Critical propagation velocity V c· At velocities below V c• the 
rate of inward growth of the solidified layer is greater than the rate 
of dilation, leading to propagation arrest due to blocking of the flow 
of magma into the dyke tip. 
(a) Graph of V c as a· function of fracture toughness Kc, calculated 
for the hypothetical case of zero magma viscosity using (2.71), for 
l1 = 100 Pa.s and M = 40 GPa, using thermal parameters as in Fig. 
2.31, and contoured for a range of initial host-rock temperatures T hi 
= 0-600°C (100°C interval). (b) Graph of Vc as a function of dyke 
length L, calculated for the hypothetical case of zero magma 
viscosity using (2.72), using parameters as for (a), and contoured 
for a range of uniform driving pressures ~P and for T hi = o-soooc 
(100° interval). 

Bruce and Huppert (1990) introduced the concept of 
critical initial width for dykes of a given length, with 
magma flowing from the source region (or magma 
chamber) to the earth's surface where it is extruded. 
Dykes with an initial width less than the critical width 
solidify in a period of time that is approximately equal to 
/;, 5 for the case of instantaneous emplacement. In this 
case, blocking of the channel by solidification prevails, 
and extrusion stops. Dykes with a width greater than 
critical will remain open, with the channel width 
increasing with time due to melt-back, first of the solidified 
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layers and later of the host-rock. In this case, extrusion is 
sustained until the magma source pressure drops. For the 
parameters used in an example by Bruce and Huppert 
(1990): 11 = 100 Pa.s; initial magma temperature T m = 1200°C; 
initial contact temperature Tci = 1100°C; H = 0.8 MJ I 
kg; Cm = Ch = 730 J / kg-°C; Kh = Km = 1 mm2/ s; V P 
= 2 kPa / m, the critical widths are -1.3 m and -1.7 m for 
a channel length of 2 km and 5 km, respectively. 

Although models such as this illustrate that melt-back of 
thesolidifiedlayermaysignificantly affect the transport 
capacities of a dyke in the region close to the magma 
source region, the effect on propagation remains unclear. 
Because blocking due to solidification occurs close to 
the tip in the model for the critical propagation 
velocity presented in§ 2.5.2, theeffectofgradualheating 
of the magma can be neglected. 

1 Chapter 3 has previously been published as: 
Hoek, J.D. (1991 ). A classification of dyke-fracture geometry with 
examples from Precambrian dyke swarms in the Vestfold Hills, 
Antarctica. Geologische Rundscau 80, 233-248. 
In order to maintain a consistent style thoughout the thesis, minor 
changes have been made in the text and the figures, and locally, 
cross-references to other Chapters have been added. 
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Chapter3 

A classification of dyke-fracture geometry 

3.1 Abstract 

A classification of dila tiona! fracture geometry is proposed. 
It applies to structures that can be characterized by the 
combination of a fracture system and a dilation vector 
field. The classification is illustrated with examples of 
igneous dykes, pegmatites, and pseudotachylites. 
Segmentation in the form of offsets, jogs, or bifurcations is 
common to most fracture systems. Four basic types of 
dilational fracture systems are distinguished on the basis 
of the geometry of segmentation. These are: irregular, 
braided, en-echelon, and zigzag. Zigzag fracture systems 
are further differentiated. They consist of newly formed, 
obliquely dilated fractures or, alternatively, of pre-existing 
planes in the host-rock that are reactivated by oblique 
dilation. This paper is the first to actually report an 
igneous zigzag dyke involving newly formed fractures . 

Rotation of the regional stress field in the direction of 
p ropagation leads to en-echelon segmentation. Braided 
fracture systems reflect high local stress-intensities, 
probably related to propagation rate. Two possibilities 
exist for the formation of zigzag dykes consisting of 
newly formed fractures that are obliquely dilated. They 
may form by extreme interaction of tensile fracture 
segments in a regional stress field with a low differential 
stress. Alternatively, they may form in a regional stress 
field with high differential stress through the propagation 
of shear fractures. 

Segmentation of dykes, characterized by offsets, is 
common. Such segmentation can be the result of 
protrusions of the fracture termination. Offsets also occur 
where a dyke cuts an older planar structure. Such offsets 
are the result of the local inhibition of fracture 
propagation. The resulting apparent offset can lead to a 
misinterpretation of relative age. 

Apophyses form as a result of the dilation of a 
segmented fracture system. 

3.2 Introduction 

For whatever purpose a geologist studies dykes, the field 
geometry of dykes is of general importance. Geometrical 
aspects of an individual dyke are used to correlate it with 
a regional suite. The distinct cross-cutting relationships of 
dykes with structures in the host-rock are used for the 
relative dating of regional events. Whereas many papers 
deal with geometrical aspects of dykes, a simple 
classification of dyke geometry does not exist. This paper 
aims to fill this gap. It presents a general classification of 
dilational fracture geometry with specific reference to 
igneous dykes. Field examples are combined with a 
discussion of ideas and models regarding emplacement 

processes and other factors that influence the geometry of 
dykes. Examples of igneous dykes are from the Vestfold 
Hills, Antarctica, where dense Proterozoic dyke swarms 
intruded Archaean granulite continental crust at different 
levels, over a time span of more than one billion years 
(Oliver et al., 1982; Sheraton and Collerson, 1983; 
Collerson and Sheraton, 1986a). Examples of pegmatite 
and pseudotachylite injection vein geometry are 
included in order to stress the versatility of the proposed 
classification. 

3.3 Relation to other work 

In 1942, Anderson wrote his classic monograph on the 
dynamics of faulting and dyke formation. Since then, 
many reports on dyke geometry have been published (see 
papers and references in Halls and Fahrig, 1987 and in 
Parker et al. , 1990). The geometry of dykes is often treated 
as part of a regional geological, a structural, or a more 
petrologically oriented account (e.g. Park and Cresswell, 
1973; Escher et al., 1976; Hageskov, 1985; Walker, 1987; 
Rogers and Bird, 1987; Shelley, 1988; Ryan, 1988; Huang, 
1988; Foley, 1989). Other papers present theoretical 
mechanical models based upon specific dyke geometries 
(e.g. papers by Pollard and co-workers). A review of 
geometrical terminology is given by Rickwood (1990). 

Several general characteristics of dyke geometry 
emerge from the literature. The direction of opening 
(dilation) is in most cases normal to the dyke, which is 
thought to form normal to the direction of least 
compressive regional stress. Dykes often occur in linear 
swarms that are characterized by little variation in 
thickness, orientation and spacing (Speight et al., 1982; 
Gudmundsson, 1983; papers in Halls and Fahrig, 1987), 
implying a regionally homogeneous loading of the crust 
(cf Lachenbruch, 1961; Segall, 1984). A long-standing 
controversy exists around the question whether dykes 
occupy pre-existing joints or generate their own 
fractures. Delaney et al. (1986) discussed this problem and 
concluded that both situations occur. The application of 
fracture meclumics (e.g. Atkinson, 1987 a), indicates that the 
stress concentration around a dyke tip is sufficient for 
magma-driven propagation of new fractures to occur 
even at low magma-overpressure. The fracture mechanics 
approach has also proven very useful in explaining dyke 
geometry as a function of the regional stress field and 
mechanical properties of the host-rock. The cross-sectional 
shape of dykes can be adequately modelled as very 
elongate ellipses (Pollard, 1973; Pollard and Segall, 1987; 
see also Pollard and Muller, 1976). Such an approach, 
which leads to estimates for magma pressure and regional 



38 A classification of dyke-fracture geometry 

stress (e.g. Muller and Pollard, 1977), calls for a rather 
extensive knowledge of the geometry of the dyke, 
conditions of emplacement, and mechanical properties of 
the host-rock (Chapter 4). 

The present paper proposes a classification of dyke 
geometry which requires a minimum of measurements 
and is applicable to areas of limited outcrop. It allows for 
a qualitative understanding of the relation between dyke 
geometry, emplacement mechanism, host-rock 
properties, and paleo-stress conditions. 

3.4 Segmented fracture system and dilation 
vector field: terminology 

In geometrical terms, an individual dyke can be thought 
of as the combination of a fracture system and a dilation 
vector field. Fracture systems are generally segmented. A 
fracture segment is a single continuous planar element, 
which may be curved. A fracture segment can be either 
newly formed or reactivated. In the latter case the fracture is 
parallel to a 'weak plane' (i.e. a structural plane of weakness) 
in the host-rock. Fracture segments may or may not be 
connected. A connection where two fracture segments 
meet at a sharp angle is called a jog (Fig. 3.1). A connection 
where two fracture segments intersect and occur next to 
each other is called branching or bifurcation (Fig. 3.2) An 
offset occurs where two fracture segments are sub-parallel 
but not in the same plane with little or no overlap (Fig. 3.3). 
At an offset the two fracture segments are not necessarily 
connected. Connection can occur through curvature of 
the segments, or through an oblique, secondary fracture 
(Nicholson and Pollard, 1985). 

Dilation is the opening displacement of a fracture 
system. A dilated fracture segment is called a dyke segment. 
A dyke is a dilated fracture system, generally consisting of 
several dyke segments. The general trend of the dyke is 
given by the dyke envelope (Fig. 3.4). The dilation vector 
connects the corresponding points on two fracture walls 
after they have been separated (Fig. 3.4; Busse!, 1989). In 
fracture mechanics terminology the displacement of 

Fig. 3.1 Mafic dyke with a single jog: Vestfold Hills, Antarctica 
(VH). A jog occurs where two segments of a dyke or fracture system 
meet in a sharp angle. The plane connecting the two intersection 
lines contains the dilation vector (arrow). 

Fig. 3.2 Bifurcation of a lamprophyric dyke (VH). Dyke segment 
in foreground is 0.12 m wide. 

fracture walls is a combination of three perpendicular 
vectors: opening; in-plane slip (displacement parallel to 
propagation); and anti-plane slip (displacement normal 
to propagation) (Fig. 2.3). Because the propagation 
direction of a dyke can can not generally be asserted in the 
field, this paper only distinguishes between normal and 
oblique dilation. Whereas the dilation of a fracture system 
is best described by a dilation vector field, it is here assumed 
that for practical purposes it is sufficient to know the 
dilation at one or several places away from the dyke tip. 
Although individual dyke segments taper abruptly at 
their termination near an offset, the dilation vector field 
for a segmented dyke shows only smooth variations (e.g. 
Baer and Beyth, 1990). 

3.5 Structures related to the dilation of 
segmented fracture systems 

This section describes structures that are not critical to the 
proposed classification, but that are common to all 
segmented dykes. They are an immediate result of the 
(irregular) dilation of segmented fracture systems. 

A host-rock bridge occurs at an offset of the dyke
fracture system. It is the body of host-rock between the 
two segments (Fig. 3.3). A bridge may be partially or 
completely bounded by dyke material. Bridges rotate and 



A classification of dyke-fracture geometry 39 

Fig. 3.3 Pegmatite with typical offset geometry (VH). h: horn, b: host-rock bridge (note slight rotation), s: secondary fracture leading to 
step. Hammer head is 0.1 m long. 

Fig. 3.4 En-echelon segmented psuedotachylite injection vein (VH). The vein, 2.5 mm wide, propagated up to 1 m away from the 
generation surface into granulitic gneiss. The direction of dilation (arrows) was determined by matching the opposite walls at a jog, and 
was found to be normal to the main segments, and oblique to the envelope (white line). 

deform during on-going dilation (Nicholson and Pollard, 
1985). Apophyses (Fig. 3.5a) are minor dilated fractures or 
dykelets, connected with a larger intrusion. They can be 
either abandoned primary, or secondary fractures. 
Secondary fracturing of a host-rock bridge occurs when 
the bridge is deformed during on-going dilation. Fracture 
patterns in bridges are often orthogonal or chaotic, due to 
the near-hydrostatic state of stress in the material when it 
is confined by fluid filled fractures. Apophyses that are 
secondary fractures also frequently intrude the parent
dykematerial (Fig. 3.5b). Suchmultipleintntsion apophyses 

were never observed in the central parts of dyke segments, 
but only at terminations near an offset. They show evidence 
of rapid cooling relative to the parent-dyke material. It is 
proposed that the presence of a bridge locally forms a 
resistance against dilation, and that apophyses form due 
to catastrophic secondary fracturing ofthe bridge. A horn 
is a wedge-shaped termination of a dyke segment at an 
offset. It is by-passed during on-going dilation when the 
two segments are linked by an oblique secondary fracture. 
(Fig.3.3;CurrieandFerguson,1970;NicholsonandPollard, 
1985 ). 
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Fig. 3.5 Apophyses (VH). 
(a) System of apophyses in a host-rock bridge. Note the presence of two roughly orthogonal systems. Notebook is 0.2 m long. (b) Multiple 
intrusion apophysis (arrow) cutting the solidified margin of the main dyke-segment near an offset. Ruler is 0.3m long. 

3.6 A classification of segmented fracture 
systems 

This section proposes a general classification of dilational 
fracture systems on the basis of their segmentation (Fig. 
3.6). The classification is a function of the following 
characteristics: 

- orientation of segments, envelope, and dilation 
direction; 

- presence of jogs, bifurcations, and offsets; 
- presence of parallel, side-by-side segments. 

I"egular dykes 

Irregular dykes (Figs. 3.6 and 3.7) are characterized by the 
absence of an apparent systematic configuration of 
segments. The segments are generally sub-parallel with 
little overlap and offsets are common while bifurcations 
are absent. 

Braided dykes 

Braided dykes (Fig. 3.6) are characterized by the side
by-side occurrence of segments. Branching and 
bifurcation (Fig. 3.2) are common, while offsets and jogs 

are relatively rare. The segments are parallel to the 
envelope. Dilation is normal to the segments and the 
envelope. 

Alkaline and ultramafic lamprophyric dykes in the 
Vestfold Hills are often braided, consisting of 
anastomosing segments, several meters apart. Individual 
segments sometimes show sub-parallel sets of fractures 
in the host-rock up to 0.5 m away from the dyke. 
Simultaneous dilation of fractures is indicated by blocks 
of host-rock that are engulfed by magma, leading to 
locally abundant felsic xenoliths. These fractures are 
interpreted as a result of the propagation of the dyke 
segment. Apart from the resulting felsic xenoliths, these 
dykes locally carry ultramafic xenoliths, the presence of 
which indicates relatively high magma flow rates (Spera, 
1984; Maal111e, 1987). 

The energy expended during fracture propagation is 
proportional to the newly generated fracture-surface 
area (Pollard et al., 1982). Therefore, the work done during 
an increment of propagation for a braided dyke is 
significantly higher than for a single-fracture dyke. For 
joints (e.g. Engelder, 1987), branching or bifurcation is 
interpreted as a result of a high stress intensity, related 
to fracture propagation velocities approaching acoustic 
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Fig. 3.6 Classification of dyke-fracture geometry in cross section. 

velocities . For magma-driven fractures, a similar 
explanation is invalid because the flow velocity of the 
magma, which is impeded by its viscosity, limits the 
fracture propagation velocity (§ 2.4.3; Spence and 
Turcotte, 1985). The branching of a dyke-fracture system 
may be related to magma properties such as viscosity and 
volatile content, affecting the propagation rate. 

In order to interpret dykes as belonging to a braided 
system, forking or bifurcation of segments should be 
observed. 

En-echelon dykes 
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En-echelon segmented dykes (Figs. 3.4 and 3.6) consist of 
segments which are parallel to each other and oblique to 
the envelope. Dilation is oblique to the envelope and 
normal to the segments. This geometry is in accordance 
with a model for en-echelon segmentation which was first 
proposed for igneous dykes by Anderson (1942), and 
analyzed in detail by Pollard et al. (1982). In this model, 
segmentation is the result of a rotation of o3 in the 
direction of propagation, where o3 is the smallest 
regional compressional principal stress (Fig. 3.8). The 
segments seek to maintain their orientation normal to o3, 
rotating through an angle called the twist. Pollard et al. 
(1982) explained the fact that a single fracture breaks 
down into segments by noting that work involved in an 

Fig. 3.7 Segmented dyke with an irregularly segmented fracture 
system, width 0.6 m (VH). 
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Fig. 3.8 A tensile parent-dyke segment breaks down into en
echelon tensile segments as the smallest compressive principal 
stress cr3 rotates in the direction of propagation. 

increment of propagation is proportional to the increment 
of area growth, and that the parent-fracture sweeps out a 
larger area upon rotation than the combined segments. 
This model explicitly assumes that the segments are 
connected to a parent-fracture in the third dimension. The 
breakdown of a parent-fracture into en-echelon segments 
has been confirmed experimentally for glass (Sommer, 
1969}, and by direct observation on fingered sheet 
intrusions (Pollard et al. , 1975}, on collumnar cooling 
joints (e .g. DeGraff and Aydin, 1987), and on edges of 
joints in general (twist hackles, e.g. Engelder, 1987). Mandl 
(1988, p. 45) presented a similar model for normal faults. 

En-echelon igneous dykes and en-echelon segmented 
fracture systems in general are common on all scales. 
Figure 3.4 shows an en-echelon pseudotachylite injection 
vein (Grocott, 1981) of several millimetres wide which 
intruded into granulitic gneiss, up to 1 m away from the 
generation surface. A roughly en-echelon lineament 
more than 2000 km long is defined by the eruption 
centres of the Hawaiian chain Gackson and Shaw, 1975). 

Zigzag dykes 

Zigzag dykes (Fig. 3.6) are characterized by dilation normal 
to the envelope and oblique to the segments. The direction 
of dilation bisects adjoining segments, leading to 
alternating sinistral and dextral components of dilation. 
Fracture segments may be either weak planes present in 
the host-rock that are reactivated by oblique dilation, or 
they may be newly formed fractures. 

In the case of reactivated weak planes, the orientation 
of segments is pre-determined. This leads to a strong 
preferred orientation of segments, in contrast to newly 
formed fractures, where a continuous range in orientations 

can be expected. If one set of weak planes is obliquely 
dilated by an intrusion, a second set will generally form 
that accommodates the dilation. The orientation of this set 
will show significant variation (Figs. 3.6 and 3.9). 

If two accommodating sets of weak planes are 
reactivated, both sets show little variation in orientation 
(Figs. 3.6 ). Dykes that locally follow sedimentary layering, 
brittle fault zones, ductile shear zones, or older dykes are 
common (e.g. Anderson, 1942; Park and Cresswell, 1973; 
Escher et al. , 1976; Baer and Beyth, 1990). Delaney et al. 
(1986, p. 4933) give a relation for the orientation of joint 
sets that can be dilated as a function of magma pressure 
and the regional stress field. 

Convincing reports of dykes that intruded along newly 
formed obliquely dilated fractures are rare (but see Escher 
et al. , 1976; Reches and Fink, 1988). Therefore, an example 
from the Vestfold Hills is described in detail. 

Figure 3.10 shows an example of zigzag dykes that 
intruded along apparently newly formed fractures. 
Dyke 0611D is one of three similar dykes, 2.5 m wide, 
that are genetically (structurally and geochemically) 
related to a noritic gabbro complex (H.-M. Seitz, pers. 
comm.). Thenoriteitself has an irregular dyke geometry, 
formed of pod-like segments of up to 150 m wide and 2 

Fig. 3.9 Dyke of 30m wide with a zigzag fracture system (VH). One 
set of segments (1) is parallel to gneissic layering (g), the alternating 
set of segments (2) is parallel to pre-existing brittle fault planes (f). Note 
the various sets of brittle planes in the host-rock, irregularly dilated by 
dyke apophyses (ap). Dark boulder in top-centre is 1 min diameter. 
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(a) Map and stereographic projection of a noritic gabbro complex (VH) 
and associated zigzag dykes, < 2.5 m wide (0611 D, 06360 and 
06640). Stereogram shows poles to the segments of the zigzag dykes. 
(b) Detailed map of zigzag dyke 06110, with sterogram showing 
dilation direction for the ca. 90° jogs at '1' and '3' (ct. Fig. 3.11 ). 

km long (Fig. 3.10a, see also Fig. 8.1d). The contact 
between norite and dyke is gradational over several 
meters: the grain size decreases and xenoliths, 
common in the norite, disappear. Away from the 
norite, a chilled margin against the host-rock is well 
developed, whereas close to the norite the contact is 
vague (Fig. 3.11c). The norite itself has similar vague 
contacts, interpreted as due to partial melting of the host
rock. The dyke consists of segments that are sometimes 
curved, and that meet each other at sharp (up to 90°) 
angles (Fig. 3.1la, b, and c), bisected by the local dilation 
vector. Figure 3.10 shows orientations of segments of the 
zigzag dyke systems, together with locally 
constructed dilation directions. Dilation is normal to 
the envelope, i.e. the overall orientation of the dyke, while 
most of the segments are obliquely dilated, without a 
consistent asymmetry. Poles to the segments roughly 
define a great circle and show a constant variation rather 
than a bimodal distribution. It was nowhere observed 
that segments were parallel to a pre-existing structure in 
the granulite gneissic host-rock. Therefore it is interpreted 
that the dyke generated its own fractures. This is also 

indicated by the presence of segments that show gradual 
curvature through as much as 60° (Fig. 3.11a), while no 
curved structures exist in the host-rock. It cannot be 
verified in the field whether the fractures originated 
under tensional or shear loading. 

Two possible interpretations that involve a tensile 
origin for the fractures can be envisaged. Firstly, a strongly 
inhomogeneous regional stress field will lead to non
parallel, and possibly curved, tensile fractures. However, 
the direction of dilation would be expected to vary with 
the direction of the regional stress field. This is inconsistent 
with the observed uniform dilation direction of the dykes. 

Secondly, the observed fracture geometry can be the 
result of interacting fracture segments in a homogeneous 
regional stress field. Olson and Pollard (1989) analyzed 
the propagation paths for interacting fractures. They 
found that a low differential regional stress will lead to a 
relatively strong influence of the local stress fields 
induced by the fractures and, accordingly, to 
relatively many curved segments and high-angle 
intersections. However, whereas segments would be 
expected to intersect with significant overlap, observed 
intersections occur at segment terminations. 

A third possible interpretation involves a shear origin 
for the fractures. In analogy with the Coulomb-Mohr 
theory for brittle fracturing (e.g. Jaeger and Cook, 1979), 
this could be the result of a high regional differential 
stress. Whereas this theory has proved successful in 
the understanding of the fracture geometry of 
homogeneously loaded rock, its application to dyke
induced fracturing is not necessarily justified. The 
formation of a macroscopic shear fracture under 
homogeneous loading conditions is the result of a complex 
history of microfracturing (Laitaj, 1971), whereby 
microfractures are initially formed throughout the loaded 
rock. Upon further loading the growth of microfractures 
is concentrated in a shear zone, in which they eventually 
link up to form a through-going shear fracture. The 
fracture propagation process for dykes is significantly 
different in the sense that the loading is very 
inhomogeneous, and fracture criteria can only be attained 
in a very small area. It is not clear whether a high 
differential component in the local stress field can lead to 
the propagation of a shear fracture instead of a tensile 
fracture. If this process is possible, however, it will be 
favoured by a high value of local differential stress. The 
local stress field near a propagating dyke tip is a function 
of the initial regional stress field (§ 2.2.3; Pollard and 
Segall, 1987). Therefore, the possibility exists that high 
regional differential stress will lead to the propagation of 
shear fractures and to zigzag dykes. 

3.7 Zigzag versus en-echelon 

The distinction between en-echelon dykes and zigzag 
dykes needs further clarification. The distinction is based 
on the direction of dilation with respect to the individual 
segments and the dyke envelope (Fig. 3.6). For an en
echelon dyke dilation is oblique to the dyke envelope, 
whereas for a zigzag dyke dilation is normal to the 
envelope. Such a strict definition is necessary in order to 
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Fig. 3.11 Zigzag dyke 06110 (VH). 
(a) Aerial photograph of jog '3' and curved segments (ct. Fig. 3.10b). (b) 
Oblique aerial photograph of jogs '1' and '2' near the change from dyke 
to gabbro. Location of (c) is indicated. (c) Detail of contact between 
dyke 0611 D and host-rock near the change from dyke to gabbro. (d) 
Detail of jog '3' (ct. (a)) . Dilation vector (arrow) bisects the two 
segments. Dyke thickness is -2 m. 
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avoid ambiguity. A drawback is that the terms en
echelon and zigzag are no longer used in a strictly 
geometrical sense. This is illustrated by the vein in Figure 
3.4. The geometry of this vein can be described as a zigzag 
configuration of segments or, noting that one set of the 
segments is consistently larger, it can also be described 
as an en-echelon configuration of larger segments 
connected by smaller segments. However, the dilation 
direction is oblique to the envelope and normal to the 
larger segments, which classifies the vein as an en-echelon 
vein according to this paper. 

Reches and Fink (1987) proposed the breakdown into 
en-echelon shear fracture segments of a tensile parent
dyke as it passes through the brittle-ductile transition 
zone, a crustal level capable of sustaining high differential 
stresses. In the present terminology this would be a 
zigzag dyke, because dilation would be normal to the 
envelope and oblique to the segments. It should be noted 
that the interpretation of Reches and Fink (1987) is not 
based on recorded oblique dilation of dyke and fracture 
segments in outcrop, but on a bimodal distribution of 
fractures and fissures at the surface around a constant 
trend for the envelope of the fracture systems. The fracture 
and fissure systems at the surface are characterized by 
typical zigzag patterns (Reches and Fink, 1987, their Figs. 
3.3 and 3.11}, roughly similar to the zigzag dykes described 
above. Mastin and Pollard (1989) have shown that similar 
patterns can be the result of the normal dilation of a 
shallow, continuous dyke. 

3.8 Irregular segmentation 

The ubiquity of offsets in dykes implies that segmentation 
during propagation is the rule rather than the exception. 
It is proposed that irregular segmentation of dykes in 
homogeneous host-rock is the result of unstable fracture 
propagation in a similar way as described by Pollard 
et al. (1975) for the formation of fingered intrusions. 
Unstable refers to the development on the fracture 
terrnina tion of parts that accelerate relative to other parts. 
This leads to curvature of the fracture periphery, and 
eventually to protrusions. These protrusions may 
propagate slightly out of plane, thus forming offsets (see 
also Fig. 8.7). 

3.9 Segmentation related to cross-cuts 

A cross-cut occurs where a dyke cuts an older planar 
structure in the host-rock. This can be another dyke, a 
brittle fault, or a ductile shear zone. The younger dyke is 
often offset at the cross-cut (Fig. 3.12). The effect of this 
particular geometry is an often misleading apparent age 
relationship, particularly in the case of a dyke cutting an 
older shear zone. Shear zones and faults in general are 
often zones of limited exposure, and an offset is likely to 
be interpreted as a fault displacement. In the case of a 
cross-cut between two dykes, the offset often occurs in the 
older dyke, leading to an erroneous interpretation of 
relative age and of the dilation component of the older 
dyke. The following section proposes a mechanism for the 
formation of cross-cut-related offsets. 

Fig. 3.12 Cross-cut between two mafic dykes (3 and 4) of similar 
width (12m). Note the complex segmentation of dyke (4). The 
actual contact between (4) and (3) is also in the field hardly 
discernible. Mafic dyke (1), 2 m wide, did not cause notable 
offsetting of (4). (1) is displaced by slip on a pseudotachylite 
generation surface (2), that pre-dates (4). Relative age of structures 
from old to young: 1 - 2 - 3 - 4. 

In general, the presence of a planar structure in an 
otherwise homogeneous host-rock will induce a 
mechanical discontinuity, inhomogeneity, or anisotropy. 
If the structure only involves a break in the continuity of 
the host-rock, as can be the case with a bedding plane, 
a tectonic foliation, or a fracture, the result is a weak 
plane which can be locally followed by the intrusion (see 
§ 3.6; Pollard, 1973). If the structure involves a different 
lithology, this can directly result in a strength discontinuity 
or, indirectly, through a variation in elastic parameters, in 
an inhomogeneous stress distribution across the structure. 
A lithological discontinuity, such as a dyke or a ductile 
shear zone generally characterized by small grain size, 
will locally affect the resistance against fracture 
propagation. If this resistance is increased, fracture 
propagation requires a locally higher stress intensity near 
the cross-cut than away from it, which will lead to a 
curved fracture periphery (Fig. 3.13b ). The stress intensity 
at the fracture tip is higher near the cross-cut because of 
the convex shape ofthe fracture periphery (Fig. 3.13b). On 
either side of the discontinuity the fracture may propagate 
slightly out of plane, resulting in an offset near the cross-
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{a) 

(b) 

Fig. 3.13 Development of an offset where a dyke cuts an older, 
planar structure at a high angle. High local stresses are induced 
near the cross-cut due to the curvature of the fracture periphery (b). 
The curvature of the fracture periphery can theoretically provide 
conditions for similar propagation velocities near the cross-cut and 
away from it, if the presence of the structure locally impedes 
propagation. The two dyke-fracture segments at either side of the 
structure may propagate slightly out of plane, resulting in curvature 
or jogs when the structure is cut. 

cut (Fig. 3.13a). This offset can involve either a curvature 
(Fig.3.14a, b, and d), orasegmentationofthedyke-fracture 
system. In the case of segmentation, the segments can be 
connected or unconnected. If the fracture system is 
connected, jogs may occur at the intersections of the 
oblique, secondary fracture and the main segments (Fig. 
3.14c, e, and f). Segmentation is often observed at 
high-angle cross-cuts, whereas curvature appears to 
be more common at low-angle cross-cuts. 
Asymmetries are consistently such that the dyke 
refracts towards the normal to the planar structure, 
similar to the well known refraction of joints in a 
sandstone-shale sequence. This implies that the 
fractures on both sides rotate slightly towards 
parallelism with the planar structure before cutting it. 

A good example of this process in well layered 
sedimentary rock is given by Baer and Beyth (1990). They 
described the segmentation of a sub-vertical radial dyke 
emplaced into horizontally layered sedimentary rock. 
The propagation direction was parallel to the intersection 
with the layering. Segmentation occurred preferentially 
at particular lithological contacts. 

It is stressed that the characteristic tendency to 
offsetting of dykes at cross-cuts provides a useful tool for 
the field geologist. By investigating the apparent offset of 
three or more dykes, contradictory apparent fault 
displacements can prove a case for the presence of offsets. 
For the interpretation of dyke-dyke cross-cuts, Figure 3.6 
provides a background for relating oblique dilation to 
observed dyke geometry. In densely dyked areas an 
aerial photography survey can already lead to a well
based working hypothesis for a regional chronology. The 
fact that dyke margins are sometimes the locus of shear 
zone or fault development (e.g. Lisle, 1989) should, 
however, be borne in mind. 

In cases of incomplete exposure of a cross-cut, 
circumstantial evidence for segmentation can be found in 
the form of horns, which often project from dyke 

(a) (b) 

(c) (d) 

Fig 3.14 Typical dyke-dyke cross-cut geometries, as observed in 
the Vestfold Hills. Scale is 100m high for each drawing. Note 
curvature in (a), (b) and (d), jogs in (c) , (e) and (f) , and a near
orthogonal system of apophyses in (e). 
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segment terminations, and apophyses intruding bridges 
and parent-dyke segment terminations. 

3.10 Conclusions 

For most practical purposes, the geometry of igneous 
dykes can be defined by a fracture system and a dilation 
vector. Fracture systems are generally segmented. The 
fourfold classification proposed here, is based upon the 
orientation of the segments relative to the envelope and 
the dilation direction. It distinguishes between irregularly 
segmented dykes, braided dykes, en-echelon dykes, and 
zigzag dykes. 

For en-echelon dykes, segmentation occurs as a result 
of a rotation of the regional stress field in the direction of 
propagation. The parent-dyke breaks up into segments in 
order to maintain an orientation normal to the direction 
of minimum principal stress. 

For braided dykes, bifurcation may be a function of 
the stress intensity at the dyke tip, and may be related to 
relatively high propagation velocities. 

Two main types of zigzag dykes are distinguished. 
The most common type forms when one or more sets of 

weak planes, present in the host-rock, are reactivated 
by oblique dilation. The other type, a zigzag dyke with 
segments along newly formed fractures that are obliquely 
dilated, may either form by extreme interaction of tensile 
fracture segments in a regional stress field with a low 
differential stress or, alternatively, it may form in a 
regional stress field with high differential stress, through 
the propagation of shear fractures. 

In order to understand the process of dyke 
bifurcation and of the magma-driven propagation of shear 
fractures, more information is needed about the actual 
processes taking place at the dyke tips. Little observational 
data exist on the deformation mechanisms governing 
dyke propagation and on the nature of magma flow at a 
propagating tip. Further research should focus on the 
microstructural and microchemical observation of 
natural dyke tips. 

Unstable fracture propagation leads to a curved 
fracture periphery. This may result in irregular 
segmentation. 

Offsets at cross-cuts are a result of the local inhibition 
of fracture propagation due to the presence of a 
mechanical inhomogeneity. 
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Chapter4 

Mechanisms of dyke propagation and arrest I. 
An analysis of dyke tip geometry 

4.1 Introduction 

The conditions for the propagation of mafic dykes are, at 
present, poorly understood. Since dyke propagation 
cannot be observed directly, and indirect observation of 
propagation through geophysical techniques is 
limited to shallow crustal levels (e.g. Brandsdottir and 
Einarsson, 1979; Klein et al., 1987), the only way to study 
dyke emplacement under general crustal conditions 
is by the observation of exposed solidified dyke swarms. 
Because such dykes have been arrested, care must be 
taken when relating observed structures to propagation 
mechanisms, and one of the questions that must be 
answered is: what caused the propagation arrest of a 
given exposed dyke tip? This question is central in this 
and the following two Chapters. 

In order to extract the maximum of information about 
the propagation mechanism from solidified dykes, 
perfect exposure is required, allowing observation of the 
near-tip geometry and comparison of non-elastic 
deformation structures in host-rock near the tip and 
adjacent to the dyke. Although detailed observations of 
dyke geometry have been reported in a number of studies 
(e.g. Delaney and Pollard, 1981; Delaney eta/., 1986;Pollard 
and Muller, 1976; Baer, 1991) none ofthese included actual 
observations of tips. In those cases where dyke tips have 
been discussed, such as the tips of fingered intrusions 
(Pollard et al., 1975) or sills Oohnson and Pollard, 1973), 
these geometries are not representative of typical 
continental tholeiitic dykes. 

The Vestfold Hills, East Antarctica, offers a unique 
possibility to study mafic dykes (Kuehner, 1986; 
Collerson and Sheraton, 1986a; Seitz, 1991; Chapter 8). 
Thousands of dykes, varying in thickness from 1 to 150 
m, are near-continuously exposed over an area of -400 
km2 (see Fig. 8.1). Up to nine different dyke swarms, 
including high-Mg tholeiitic, Fe-rich tholeiitic, and 
lamprophyric compositions, varying in age from -2400 
Ma to 1245 Ma, can be distinguished (Chapter 8). Due to 
the climate, there is little chemical or biological weathering. 

This Chapter presents a geometrical analysis of six 
dyke tips from the Vestfold Hills. 

4.2 Geometrical analysis of mafic dykes 

The geometrical analysis of mafic dykes (Pollard and 
Muller, 1976; Delaney and Pollard, 1981) involves the 
fitting of a geometrical model, called a dilation profile 
D(xv (§ 2.2.4) to the actual geometry of a dyke as 
measured in the field . The latter is termed the thickness 
profile and is defined as t(s), where t is the thickness 
measured normal to the contact and s is the distance 

from the tip (Fig. 4.1). The aim of this analysis is to 
derive estimates for the driving pressure distribution 
~(x2) that gave rise to the observed dyke geometry, and 
for the stationary stress intensity factor !<stat (§ 2.2.3 
and 2.3.8) at the arrested dyke tip. 

The dilation profiles that are used in this Chapter 
are based on a Linear Elastic Fracture Mechanics (LEFM) 
model for a blade-shaped dyke (§ 2.2.1). The general 
dilation profile is (Delaney and Pollard, 1981): 

D (x ) = ~p u [2Jx L- x2 j 
2 M 2 2 

+ VP I [(x + 1.)Jx L- x2J 
M 2 2 2 2 

(L-1.)Jx L-x2 
1C 2 2 

L VPS 
+-

M 2 L 2 (Z-x2) 
- -(- - X ) Jn 1----;:::===-1 

1C 2 2 1. - J~ L - X 2 
2 2 2 (4.1), 

where M is the host-rock stiffness (§ 2.2.4), L is the 
length ofthe dyke and ~Pw V P1, and V P5 are driving 
pressure terms: ~p u is the uniform driving pressure (§ 
2.2.2; Fig. 2.5a), defined as the driving pressure at the tip 
(i.e. ~(0) = ~ u ); V P1 is a linear driving pressure 
gradient (Fig. 2.5b; cf Pollard and Muller, 1976); and V P5 

is a symmetric bi-linear gradient (Fig. 2.5d and f;cf Pollard, 
1976). The drivingpressuredistribution~(x2) is (Delaney 
and Pollard, 1981): 

(a) dyke geometry In plane of exposure 

----------5--------~ 

i
t 

~~ ........................... . 
no,....atlc 
deformation 

(b) thickness profile & fitted dilation profile . .. 
s 

--------range of data set (R)-------< .. 

Fig. 4.1 (a) Schematic representation of near-tip dyke geometry in 
the plane of exposure. (b) Thickness profile, defined as the dyke 
thickness t as a function of distance from the tip s. Thickness data 
are denoted by dots. Also shown are the range of the data set R , 
and a dilation profile (solid line) that is fitted to these data. 
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&(x2)= ~p u + (VPI + V'P s)t x2 
and [3] that the dilation during emplacement is equal to 
the thickness measured in the field: 

L for ( 0 :::;; x 2 :::;; 2 ) 

&(x2)= ~p u + (VP,- V'P s)t x2 

L 
for ( 2 < x 2 :5 L) 

(4.2a); 

(4.2b). 

Equation (4.1) describes the total dilation profile of a 
dyke (i.e. for 0 :5 x2 :5 L, Fig. 2.5). In a region close to the 
dyke (i.e. for x2 << L), (4.1) is approximated by the near-tip 
dilation profile (2.15): 

D = t 

(a) 

D(x
2
)= K:t [~] (4.3), (b) 

In the region where (4.3) is valid, Kstat completely 
embodies the driving pressure distribution and the 
fracture length. Kstat can be expressed as a function of 
<'Wu, V' P,, V' P5, and L (Delaney and Pollard, 1981): 

[ 

~p u l 
K _ 1 + V'P .!:.... fF:l 

stat - M 1 4 -.J 2 ~ 
+V'P L(n-2) 

5 2n (4.4). 

On the basis of (4.1), four dilation models can be defined 
(Delaney and Pollard, 1981), for different combinations of 
the driving pressure terms. 

Model I is characterized by: ~p u :t: 0; V' P1 = 0; and 
V' P5 = 0, and leads to an elliptical geometry (Fig. 2.5a). 

Model II is characterized by: ~p u ;t; 0; V' P1 ;t; 0; and 

(c) 

V' P5 = 0, and leads to a tear-drop geometry (Fig. 2.5b and c). {d) 
Model III is characterized by: ~p u ;t; 0; V' P1 = 0; and 

V' P5 * 0, and leads to a diamond (Fig. 2.5d and e) or 
a dumbbell geometry (Fig. 2.5f and g). 

Model IV is characterized by: ~p u * 0; V' P1 :t: 0; and 
V' P5 * 0, and leads to an intermediate geometry. 

Model V is based on the near-tip solution given by 
(4.3), and leads to a parabolic geometry (Fig. 2.6). 

In order to fit a dilation model to a measured thickness 
profile, the latter must be presented as a data set of N (e) 
thickness measurements, expressed as (ti, sJ with 1 :5 i :5 
N. The rangeR of a data set is defined as the distance si=N 
of the measurement furthest from the tip (Fig. 4.1). It is 
initially assumed that: [1] the exposed dyke has a blade-
shaped geometry; [2] the thickness profile is measured 
in a plane normal to the periphery (Fig. 4.2a), i.e.:: 

X = S 
2 (4.5); 

Fig. 4.2Types of dyke geometry and cross sections in the plane of 
exposure. 
(a) Exposed two-dimensional cross section through a dyke in a 
plane of exposure. (b) Ideal dyke geometry: a blade-shaped dyke 
with peripheries normal to the plane of exposure(~= go•). (c) Blade
shaped dyke inclined to the plane of exposure(~< go•) . (d) Through
centre section through a penny-shaped dyke (~ = go•) . (e) Cross
section near the top of a blade-shaped dyke. (f) Off-centre cross
section through a penny-shaped dyke (~ < go•) . 

(f) 

(4.6). 

plane of exposure 
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The general form of the linear regression equation is: 

t.=D(s.)+d. 
1 1 1 (4.7), 

where D(si) is the dilation calculated for a given data 
point (ti, si) using (4.5) with (4.1) or (4.3), and di is the 
residual, which is defined as the difference between the 
measured thickness and the calculated dilation. D(sJ can 
be expressed as (no summation convention): 

D(s.)=Cufu(s.)+C
1 

f 1(s .)+C 5 f 5 (s.) 
1 1 1 1 (4.8a), 

for models I, II, III, and IV, or as: 

D(si)=Cpfp(s i) 
(4.8b) 

for model V, where fUt f1, f51 and fp, are uniform, linear, 
symmetric, and parabolic geometrical terms, 
respectively equivalent to the terms within the square 
brackets in (4.1) and (4.3), and Cu, c,, C5 , and Cp are 
constants embodying the driving pressure distribution, 
equivalent to the terms outside the square brackets in 
(4.1) and (4.3): 

c &u 
=--u M (4.9a); 

c 
VP 1 

I M (4.9b); 

c VPS 
s M (4.9c); 

c K stat 
=---p M (4.9d), 

The magnitudes of the constants are determined by 
minimizing the residual sum of squares (RSS = :Edi2). The 
quality of the fit of a dilation model to a set of thickness 
measurements can be evaluated from the standard 
deviation of the residuals (SDR) 1, and from the 
distribution of the residuals as a function of s.2 The 
driving pressure terms can be determined from Cu, C1, 
and Cs using (4.9a) to (4.9c). 

It is convenient to define a near-tip shape parameter 
n: 

n = (c +.!:.. c + (1t- 2) L c ) ~ 
u 4 I 27t s..J2_'-- (4.10a), 

for models I to IV and as: 

(4.10b), 

1 The standard deviation of the residuals is defined as: 

SDR=k 

for model V. The stress intensity factor Kstat is now 
calculated from: 

Kstat = M n 
(4.11) . 

Corrections of initial estimates 

It was assumed above that an exposed dyke has a blade
shaped geometry [1], and that the plane of exposure is 
normal to the periphery , i.e. that J3 = 90°, where J3 is 
the inclination of the periphery [2], defined as the angle 
between the periphery and the plane of exposure (Fig. 
4.2c). However, in reality the actual geometry of an 
exposed dyke may be different from this ideal situation 
depicted in Figure 4.2b, i.e. the peripheries are either 
curved or not parallel, and J3-# 90°. For some special 
cases, corrections of the initial estimates for driving 
pressure and n are possible. 

When both peripheries are straight and parallel, but 
inclined at an angle J3-# 90°, an inclined section though a 
blade-shaped fracture may be an appropriate model 
(Fig. 4.2c). For this case, the corrected (primed) driving 
pressure terms and the tip shape parameter Q' are related 
to the initial estimates (unprimed) according to: 

&u'=~~pu sm,... 

VP '=-
1-VP 

I sin 2 J3 I 

VP '= -
1
- VP 

s sin 2 J3 s 

n·= /1 n ..Js;;rf 

(4.12); 

(4.13); 

(4.14); 

(4.15) . 

The case where the periphery is not straight is more 
complex and cannot be dealt with analytically. However, 
some insight is gained by considering a penny-shaped 
fracture (Fig. 4.2d). The dilation profile of a penny-shaped 
fracture in an infinite elastic continuum, loaded in plane 
strain by uniform driving pressure & u is (e.g. Pollard, 
1987): 

&u 4J 2 D (x ) = --- Lx - x 
2 M 1t 2 2 (4.16), 

where Lis the diameter. The global dilation profile is 

and is used to compare the goodness of fit instead of the statistical estimate of the (vertical) error of the model (SEE), defined as: 

SEE=~ 
where j is the number of constants to be determined. Since the SEE is dependent on the degrees of freedom of the model, itis not suitable 
for the comparison of the goodness of fit between models with different numbers of constants. 
2 A basic assumption in minimizing the sum of squares in linear regression is that the distribution of the residuals as a function of sis normal. 
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elliptical. The stationary stress intensity factor is (e.g. 
Pollard, 1987): 

2JF K = -~P -L stat n u 2 (4.17), 

Solutions for a penny-shaped dyke loaded by non-uniform 
driving pressure are not available from the literature. A 
penny-shaped fracture has a smaller dilation and, 
associated with this, a lower stress intensity factor, 
than a blade-shaped fracture of the same length that is 
loaded by the same uniform driving pressure. When a 
blade-shaped geometry is assumed while the dyke has in 
fact a penny-shape, the (model I) uniform driving 
pressure is under-estimated: 

@ '= 2E. ~p 
u 2 u (4.18), 

but the estimate for the tip shape factor n is correct. Because 
in reality dykes are connected to a source region (Fig. 
4.2e), use of the penny shape model will generally lead to 
over-correction, and the actual values will lie somewhere 
between the estimates from the blade-shaped and the 
penny-shaped model. 

For an off-centre section through a penny-shaped 
fracture loaded by a uniform driving pressure (Fig. 4.2£), 
the aspect ratio is similar as for the through-centre 
section. The corrected uniform driving pressure is given 
by (4.18) and the corrected tip-shape factor by (4.15). 

Assumption [3], thatt= D, i.e. that non-elastic processes 
during and after emplacement did not affect the dyke 
thickness, was discussed in § 2.2.7, where it was 
concluded that several processes do result in a constriction 
of the dyke, but that the effect is insignificant relative to 
the uncertainty in the estimate of host-rock stiffness M. 

In the LEFM model, the only resistance to dilation is 
due to the host-rock stiffness . In reality, dykes are 
generally segmented (Chapter 3) and may contain intact 
host-rock bridges (Fig.l.1b) that exert a local force on the 
fracture walls, effectively resisting dilation. The formation 
of a step (Fig. 1.1c) eliminates a bridge as a dilation
resisting element. The effect of large-scale host-rock 
bridges in dykes is essentially equivalent to that of 
bridging ligaments near the tips of experimental fractures 
(§ 2.3.3; Lawn, 1993, p. 231). The effect of the additional 
resistance to dilation due to segmentation is an under
estimate of ~P(xz) and of Kstat· 

4.3 Results 

Below, the geometry and LSR analyses of a variety of tips 
are discussed, including two frontal tips (tips A and D), 
three horn tips (tips B, F, and G), and one apophysis tip (tip 
C) (Fig. 1.1). Whereas the state of stress of the host-rock 
into which these tips were emplaced differ significantly, 
the underlying mechanisms of propagation and 
arrest, as discussed in Chapter 2, are expected to be the 
same for all tips. Therefore, the study of horn tips and 
apophysis tips as well as frontal tips allows a check on 
theoretical predictions for a range of host-rock stress 
states. Table 4.1 (p . 65) lists the tips that are described in 
this thesis and the specific studies that are carried out 

for each tip, and that are reported in Chapters 4, 5, and 6. 
Thickness profiles were measured in the field for 

dyke tips A, B, D, F, and G, while dyke tip C was 
measured in thin section. All data sets are listed in Table 
4.2 (p. 66). Dyke thickness was measured in the field using 
a ruler or tape measure. The estimated accuracy of the 
thickness measurements is: <2 mm for t ~ 0.3 m; <10 mm 
for t ~ 1 m; and <0.25 m for t ~ 10 m . (The decrease in 
accuracy with increasing thickness is due to the fact that 
mafic dykes in the Vestfold Hills are generally raised 
above the surrounding host-rock, cf Fig. 3.7). 

Estimates for host-rock stiffness Mare calculated for 
all tips as aggregate estimates on the basis the modal 
mineralogy from thin sections. The modal compositions 
of representative host-rock samples and stiffness 
estimates are given in Table A.2. (See Appendix A for a 
description of the calculation of the estimates and a list of 
the used single-crystal elastic parameters.) The Hill
average estimates(§ 2.2.6) vary from M"' 43 to 51 GPa. As 
discussed in§ 2.2.6, aggregate estimates neglect the effect 
of discontinuities, both on a microstructural scale (i.e. 
microfractures), but possibly also on a much larger scale 
(Bieniawsky, 1978; Rubin and Pollard, 1987), and 
thus tend to under-estimate the actual value. Although 
for small samples the effect of microfractures is 
a pp aren tl y negligible at lithosta tic pressures PL > 0.2 GPa 
(see Fig. 2.7), the effect of larger-scale structures is still 
poorly understood. For all analysed dykes, compositional 
variability of the host-rock on metre- to kilometre-scale 
(App. 2, Table A.2) suggests that the stiffness may also be 
variable on these scales. First-order estimates for driving 
pressure distributions and stress intensity factors at all 
tips are derived assuming a constant stiffness estimate of 
M =40GPa. 

4.3.1 Frontal tip A 

Dyke tip A (Fig. 4.3) is the northern termination of an Pe
rich tholeiite (dyke 0120D) that belongs to the 1245 
Ma swarm (Chapter 8) and that is exposed on Long 
Peninsula near Lichen Valley (coord. LK 950.010; Fig. 
8.1b). The dyke has a mean strike of025° and dips -80° to 
the East. Tip A is well exposed and careful mapping of 
other dykes in this area led to its interpretation as a frontal 
tip. The inclination of the periphery is assumed to be 
vertical. The southern termination of this dyke is not 
exposed since it runs into Long Fjord at s = 760 m . The 
fracture geometry is irregularly segmented for s ~ 560 m, 
with segmentation locally associated with offsets 
occurring where pegmatite veins are cut, or where the 
dyke locally follows gneissic layering (cf Chapter 3). For 
s ~ 560 m, the fracture geometry changes to an en-echelon 
geometry with a consistent left-lateral offset (Fig. 4.3a). 

LSR analysis of tip A 

The LSR analysis of tip A is discussed in some detail in 
order to illustrate some common problems that are 
encountered in estimating nand driving pressure terms. 
Other tips will be treated more briefly. Four separate data 
sets, with ranges R = 1, 47, 481, and 735 m were used as 
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input for the LSR analysis of tip A, in order to assess the 
effect of the range on the resulting fit. (The range of a data 
setis the distance from the tip to the furthest measurement 
in the data set.) The estimate for fracture length used in the 
LSR analyses, L = 1000 m, is based on the fact that 
maximum thickness occurs at s -500 m (Fig.4.3a). The 
results are given in Table 4.3 (p. 67) and are illustrated in 
Figures 4.4 to 4. 7, showing the data sets, the model dilation 
profiles, the distribution of the residuals, and the driving 
pressure distributions. These figures show considerable 
variation in estimated driving pressure terms (note the 
different scales employed in the driving pressure graphs) . 

The data set with R = 735 m (Fig. 4.4) uses data points 
at intervals of-10m. For s ~ 500 m, the thickness of 
dyke segments 1 to 5 have been combined (Fig. 4.3a) . 
Models III and IV provide rather similar good overall 
fits to the data. The preferred estimates for the driving 
pressure terms are ~Pt = -24 MPa; ~p max= 74 MPa; V P1 = 

0.20 MPa/m, where ~Pt is the driving pressure at the tip, 
~max is the maximum driving pressure (either at the 
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Fig. 4.4 LSR analysis of tip A, for data rangeR= 735 m and fracture 
length L = 1000 m. 
(a) Thickness profile t(s) (dots) and fitted model dilation profiles 
(solid lines). (b) Residuals d as a function of s. (c) Model driving 
pressure distributions llP(s) for the entire fracture length L. 
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Fig. 4.5 LSR analysis of lip A, for R = 481 m and L = 1000 m (ct. Fig. 
4.4). 

centre or at one of the tips), and V P1 is the total driving 
pressure gradient at the tip. Model II is rejected on the 
basis of a poor overall fit (Fig. 4.4b). 

The data set with R = 481 m (Fig. 4.5) uses the same 
data points as the set with R = 760 m, minus 12 points for 
s > 500 m (Fig. 4.3a). Figure 4.5 shows that, although 
model IV provides the best fit to the data set, the model 
IV dilation profile differs significantly from the actual 
thickness profile outside of the range. This example 
illustrates that, for model IV to give a reliable estimate for 
the driving pressure distribution, the shape of the dyke 
must be constrained by data points over most of the dyke 
fracture length, i.e. R must be close to L. 

The data set with R = 47 m (Fig. 4.6) uses data 
points at intervals of -1 m. The 'discontinuities' in 
the thickness profile are probably associated with 

Fig. 4.6 LSR analysis of tip A, for R = 47 m and L = 1000 m. 
(a to c) ct. Fig. 4.4. (d) Model dilation distribution D(s) for the full 
fracture length L. 
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small-scale segmentation (Fig. 4.3b). Both models I 
and V have systematic distributions of residuals, 
with consistently negative residuals for s ~ R/2 (Fig. 
4.6b). For model I, this implies that the driving 
pressure is not constant, but decreases in the direction 
of the tip. For model V, this implies that the data 
range is not close enough to the tip to be applicable. 
Model IV leads to the best overall fit to the data, but 
it predicts negative dilation for s ~100m (Fig. 4.6d) 
and must be rejected as an estimate for the driving 
pressure distribution. 
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The data set with R =1m (Fig. 4.7) uses data points at 
intervals of -0.1 m. The thickness at the tip (1.5 mm) was 
measured in the field, and occurs inside a fracture zone (§ 
5.2.1). Thin-section study revealed that in fact, the tip 
of the dyke (defined as dilated fracture) is irregularly 
segmented . As a result, the precise location of the tip 
cannot be determined with an accuracy better than several 
em. No attempt was made to re-define the location of the 
tip . 

Model III leads to remarkably similar fits for R = 735, 
481, and 47 m with V Pt"' 0.18 MPa/m, indicating 
that the driving pressure gradient is approximately 
constant over a large section of the dyke. The fact that 
model III estimates V Pt"' 5.6 MPa/m for R = 1 m may 
reflect either an increase of the driving pressure gradient 
close to the tip, or an effect of non-elastic deformation near 
the tip. 

Since the best estimates for Kstat and Q are provided 
by the model that gives the best fit in the neighbourhood 
ofthe dyke tip, a near~ tip data set should be used. The data 
sets with R = 481 and 735 m do not include data within 10 
m from the tip and are therefore not suitable for estimation 
of Kstat and n. On the other hand, because Kstat is an 
LEFM parameter based on the assumption that the host
rock is elastic(§ 2.2.5), care must be taken to exclude 
data near the tip that may be affected by non-elastic 
deformation or segmentation. For R = 47 m, although 
model IV gives the best overall fit, Figure 4.6b shows that 
it involves consistently positive residuals for s :::;; 8 m, 
indicating a slight under-estimation of Kstat and Q. 

Model III better fits the near-tip data, and gives the 
preferred estimate n = 13.6·10-3 (Kstat"' 545 MPa·m112 for 
M = 40GPa).3 

Effect of choice of L 

The effect of the a priori choice of L on the estimate 
for n using a near-tip data set is studied for tip A with R 
= 47 m, using values of L between 100m and 100 km. This 
study is significant because often, even in well exposed 
terrains like the Vestfold Hills, Lis unknown. Hence, it is 
important to know the sensitivity of estimates for n to the 
value of L. The results, given in Table 4.4 (p. 68 ), show 
that, for models II-IV, estimates for n vary for low values 
of L, but converge to a single value (Q"' 13.6·10-3, i.e. Kstat 
"'545 MPa·m 112 forM= 40 GPa) for increasing L. However, 
the stable value for n is reached at different lengths 
for models II, III (L "' 600 m), and for model IV (L"' 100 
km). The choice of L significantly affects the estimated 
driving pressure terms (Table 4.4). 

Results 

An unambiguous estimate of the driving pressure of a 
dyke can only be obtained when thickness data over the 
full length of the dyke are available. In this case, 
model IV gives the best result. When L is unknown, it 
may be impossible to obtain a reasonable estimate. When 
L can be estimated, as for tip A, model III may give more 

3 Preferred estimates are underlined in Table 4.3. 

reliable results than model IV, even though the latter will 
better fit the data set. 

The tip shape parameter Q and stress intensity factor 
Kstat can be estimated with confidence even when L is 
unknown. The criterion for good estimates for Q and Kstat 
is the closeness of fit of a dilation model to the dyke 
geometry near the tip (but outside of the region of non
elastic deformation). If only a near-tip data set is available 
and Lis unknown, the best estimates may be obtained by 
choosing L large. 

For tip A, the preferred estimates are: <iPt"' -24 
MPa; V Pt"' 0.20 MPa/m; .iPmax"' 74 MPa (in the centre 
of the dyke); and i1 = 13.6·10-3 (Kstat"' 545 MPa·m112 forM 
= 40 GPa). 

4.3.2 Horn tip B 

Tip B occurs at 560 m to the south of tip A, on the same 
dyke (0120D), but on another segment (segment 2, Fig. 
4.3a). Tip B is the northern tip on the horn of this segment, 
which is -200 m long, and is continuously exposed 
over a distance of 49 m. The periphery is inclined at an 
angle of 13 = 23° with the horizontal, plunging towards the 
north (see Fig. 5.2). Two data sets have been analysed, 
with R = 46 and 12m (Figs. 4.8 and 4.9) . 

The preferred estimates for the driving pressure 
distribution are (model Ill; R = 47 m): <iPt"' 10 MPa; 
liP max"' 32 MPa; and V Pt"' 0.22 MPa/m. Using l3 = 
90°, n "'4.46·10-3 (model IV, R =12m). Correcting for l3 
= 23°, using (4.15), gives the preferred estimate Q'"' 

7.14·10-3 (Kstat' "'286 MPa·m112 forM= 40 GPa). 

4.3.3 Apophysis tip C 

Tip C (Fig. 4.H)) is the tip of a small apophysis intruding 
the host-rock bridge at a minor offset at 47 m to the south 
of tip A, on segment 1 of dyke 0120D (Fig. 4.3b). The 
separation at this offset is 0.21 m, the overlap is -0.5 
m, and the local thickness of the dyke is 0.17 m. The 
apophysis propagated over a distance of -55 mm into the 
host-rock bridge (Fig. 4.10). The near-tip thickness profile 
of tip C, (R = 4.5 mm) was measured in thin section (cf 
Fig. 6.1). Good fits to the data are obtained for models II
IV, using a fracture length L = 0.2 m (Fig. 4.11 ). The model 
IV driving pressure distribution is rejected because this 
model predicts negative dilation for s >50 mm. Models II 
and III imply rather high driving pressure gradients, in 
the order of 150 GPa/m, near the tip. 

The preferred estimate for Q"' 4.10·10-3 (Kstat"' 164 
MPa·m112 forM= 40 GPa). 

4.3.4 Frontal tip D 

Tip D is the northern termination of an Fe-rich tholeiite 
(dyke 1007D) that belongs to the 1380 Ma swarm 
(Chapter 8). This dyke is exposed on an unnamed island 
off the northern extremity of Long Peninsula (coord. LK 
927.082; Fig. 8.1b ). It has an exposed length of 64.4 m, and 
a maximum thickness of 0.069 mats= 30.4 m south of tip 
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D. In the central section, at s = 25-49 m to the south of tip 
D, the fracture geometry is strongly segmented in an en
echelon fashion, with left-lateral offsets. The length of 
these segments are in the order of 1-5m. The dyke 
has a general strike 002° and dips 75-80° towards E. 
The mean strike of the segments is 010°, and the dip 
of the segments is 70-85° towards E. The long 
dimension of the segments is vertical, implying 
vertical (upward) propagation of the central exposed 
part of the dyke. Figure 4.12 shows the results of the 
LSR analysis using a data set with R = 63 .6 m. Model 
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IV gives the following estimates for the driving 
pressuredistribution:M\=4MPa; V P1=1.7MPa/m;and 
~max= 58 MPa. The systematic distribution of residuals 
in the region of segmentation is attributed to the 
presence of the numerous host-rock bridges (§ 4.2). 

Although the orientation of the periphery could not 
be estimated in the field, it is assumed that the exposed 
section is close to the top of the dyke, with the peripheries 
plunging outward from the centre. The effect of this dyke 
geometry is an under-estimate of the driving pressure 
relative to the ideal cross-section through a blade-shaped 
dyke, possibly by a factor between 1 and 1.6. Together 
with the effect of segmentation, this implies that the 
actual values for ~P1, V P1, and ~Pmax are higher than 
those quoted above. 

The estimate for n is not affected by the 
segmentation. The first-order estimate (for~= 90°) is n = 
6.44·10-3 (model IV; R = 9 m). Correcting for an assumed 
inclination of ~ = 45°, using (4.15), gives the preferred 
estimate Q' = 7-66·10-3 (!Cstat = 306 MPa·m112 forM = 40 
GPa) . 
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(b) 

Fig. 4.10 (a) Map of apophysis tip C, drawn from a large thin 
section. (b) Schematic drawing of the location of apophysis C in the 
host-rock bridge (see also Fig. 4.3b). 

4.3.5 Hom tips F and G 

Tips F and G (Fig. 4.13) are the northern and southern 
extremities, respectively, of a 189 m long dyke 
segment (0610D-7), belonging to the 1245 Ma swarm 
(Chapter 8). Dyke 0610D is exposed on Long Peninsula, 
east of Taynaya Bay (Fig. 4.14; coord. LK 898.027). This 
dyke is vertical with a mean strike of 022°, and a thickness 
of approximately 9 m along a total exposed length of 1800 
m. Both to the north and to the south it runs into unnamed 
lakes. The dyke consists of 9 major and 2 minor 
segments. Segmentation on this scale is associated with 
the intersections with a number of pre-existing dykes 
(Fig. 4.14, cf Fig. 3.13a). 

The segment on which tips F and G occur is well 
exposed, except for a small cliff close to the intersection 
with a 1m thick older dyke (0636D, seeFigs.4.13and4.14). 
The segment is separated from the two neighbouring 
segments by host-rock bridges, which are intruded by 
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Fig. 4.11 LSR analysis of tip C, for R = 4.5 mm and L = 0.2 m (ct. 
Fig. 4.4). 

numerous apophyses (Fig. 4.13) . The vertical orientation 
of these apophyses implies that the long dimension of the 
bridges and of dyke segment 7 are also vertical. 

Tips F and G are analysed using data sets with R = 10 
m and 9 m, respectively (Figs. 4.15 and 4.16). 

The preferred estimates for tip F are: .iPt"' -2 MPa, 
~Pmax"' 68 MPa, V Pt"' 0.8 MPa/m (model III), and 
Q"' 9.77·10-3 (model IV), Kstat"' 391 MPa·m112 (M = 40 
GPa) . The preferred estimates for tip G are: ~Pt = -34 
MPa, ~Pmax"' 106 MPa, and V Pt = 2 MPa/m (model 
III) , !l= 8.16·10-3 (modeliV), Kstat=326 MPa·m112 (M =40 
GPa) . 

4.4 Discussion 

A significant characteristic of all analysed tips is that 
propagation occurred in the direction of decreasing 
driving pressure (i.e. V Pt > 0). In principle, such driving 
pressure gradients can be due either to a gradient in host
rock stress or a gradient in magma pressure P m (§ 2.2.2 and 
2.4.3). Gradients due to buoyancy can be rejected for 
horizontal cross-sections. Below, the possible causes for 
driving pressure gradients at the three types of tips 
are discussed, and order-of-magnitude estimates for 
these gradients are derived in order to compare them with 
the LSR estimates. 



An analysis of dyke tip geometry 

4.4.1 Driving pressure gradients near hom tips 

The LEFM model used in this thesis strictly applies to 
isolated fractures in homogeneous, continuous host
rock(§ 2.2.1). However, a hom is not an isolated fracture 
but is always associated with a complementary hom on 
the other side of the host-rock bridge (Fig. 4.17a). This 
means that, from the perspective of tip p, the stress field is 
not only affected by segmentp, but also by segment q (Fig. 
4.17a; Nicholson and Pollard, 1985; Olson and Pollard, 
1989). The effect of the presence of segment q on tip pis 
an increase in (compressive) host-rock stress, i.e. a decrease 
in driving pressure towards the tip. A rough estimate of 
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Fig. 4.12 LSR analysis of tip D, for R = 63.3 m and L = 64.4 m (ct. 
Fig. 4.4) . 

Fig. 4.13 Map of segments 6, 7, and 8 of dyke 06100, constructed 
by vertical projection of surface measurements onto a horizontal 
plane. The unexposed area is a south-dipping scarp with a 
vertical relief of-10m. Horn tips F and G are the northern and 
southern tips , respectively , of segment 7. The host-rock bridges 
on either side of segment 7 are intruded by numerous 
apophyses. A local dilation vector for segment 8 is 
reconstructed on the basis of a mafic inclusion in the host-rock 
gneiss. 
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Fig. 4.14 Regional map of dyke 06100 with numbered segments. 
Other mafic dykes are show in grey. Location of Figure 4.13 is 
indicated. Grid coordinates at border refer to Natmap 1:50.000 
(1982), ct. Fig. 8.1b. 

the driving pressure gradient at horn tip p due to 
segment q is obtained by assuming that a drop in driving 
pressure from .:iP max to zero occurs over the length 2a 
of the overlap (Fig. 4.17b): 

& 
V'P=~ 

2 a (4.19) . 
For tips B, F, and G, (4.19) leads to V' P"' 0.3, 0.7, and 1.1 
MPa I m respectively. These values are within a factor two 
of the driving pressure gradients that are estimated using 

LSR analysis, confirming that the latter are associated 
with the overlap of two hom-segments at an offset. 

4.4.2 Driving pressure gradients near apophysis 
tips 

Apophyses are emplaced into deforming host-rock 
bridges, which are characterized by strongly 
inhomogeneous and variable stress fields due to bending 
and thermo-elastic deformation (Fig. 4.17c) . In order to 
asses the magnitude of the resulting stress gradients, 
bending and thermo-elastic deformation are analysed 
below. 
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Fig. 4.15 LSR analysis of tip F, for A= 10 m and L = 189 m (ct. Fig. 
4.4). 
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Fig. 4.16 LSR analysis of tip G, for R = 9 m and L = 189m (cf. Fig. 
4.4). 

Fig. 4.17 Driving pressure gradients associated with horn-tips and 
apophysis tips at an offset. 
(a) Two parallel segments of the same dyke approach each-other 
at an offset. Each tip induces a perturbation of the initially 
homogeneous host-rock stress field . (b) The overlapping segments 
enclose a host-rock bridge. The complementary driving pressure 
distributions in both segments are shown schematically. (c) The 
bridge is deformed due to dilation of the segments at the offset, 
leading to bending stresses parallel to the contact. (d) Bending 
stresses can be calculated by assuming that all planes parallel to 
the contact form an arc-segment, and that the central surface is a 
'neutral surface', i.e. with zero elongation. (e) Schematic bending 
stress along a profile A-B through a bridge. The stress along the neutral 
surface is equal to the lithostatic pressure PL. (f) Thermo-elastic stress 
along profile A-B, assuming complete solidification for a given initial 
host-rock temperature T hi· (g) Combined bending stress and thermo
elastic stress along profile A-B. See text for discussion. 

(a) 

(b) 

(c) 

(d) 

(e) 

(f) 

(g) 

-----~-ti~p q .... 

~.lJl~ 
dnvmg pressure 

A 

A 

radius of/ 
curvature 

r 

61 

~ 
D 

t 

+ r 

B 

B 



62 Mechanisms of dyke propagation and arrest I 

Stress gradients due to bending 

An approximate expression for the bending or fiber 
stress, i.e. the stress parallel to the contact, is Oohnson, 
1970, p . 55): 

crb = M 1.. 
11 r (4.20), 

where superscript b denotes bending, y is the distance 
from the 'neutral surface' in the centre of the bridge, and 
r is the radius of curvature of the bridge (Fig. 4.17d): 

a2 d 
r= -+-

d 4 (4.21), 

a and bare the half length and half width, respectively of 
the bridge (Fig. 17b), and D is the total dilation. The 
driving pressure gradient due to bending is approximated 
by: 

Ocrb 
"P _ 11 _ 2 M 
v -oy---r-

(4.22) . 

For tip C, using 2a = 0.5 m, D = 0.17 m, and M = 40 GPa, the 
estimate for V P = 195 GPa/m forM= 40 GPa, which is 
within a factor 2 of the LSR estimate. 

Stress gradients due to heating 

Heating of the host-rock leads to considerable 
temperature gradients, and hence to stress gradients, at 
the contact of a dyke. Thermo-elastic deformation (App. 
B) leads to an increment of contact-parallel compression at 
the contact, relative to the central part of the bridge. Thus, 
on the concave side of the bridge, where bending 
induces extension (Fig. 4.17c) and apophyses are 
formed (cf Fig. 4.13), the effect of thermo-elastic stress is 
to resist the formation of apophyses, and to counter the 
driving pressure gradient due to bending. On the opposite, 
convex side of the bridge, thermo-elastic stress and 
bending stress are both compressive, and the 
gradients are similar in sign. 

Neglecting magma flow, the thermo-elastic stress 
distribution at the time of apophysis emplacement 
depends on the initial host-rock temperature Thi and on 
the time since magma first came in contact with host
rock(§ 2.5.1; Fig. 2.32; App. B). Temperature gradients are 
maximum for early apophysis emplacement, and for low 
Thi. Figure 4.17f schematically shows the thermo-elastic 
stress along profile A-B through the bridge at the time of 
complete solidification, and Figure 4.17g shows the 
combined bending and thermo-elastic stress distribution. 
The location of tip Cis at a normalized distance xtfD = 0.6 
from the contact, and for Thi = 200°C, Figure B.lleads to 
a thermo-elastic stress gradient V P = 4 GPa/m, which is 
negligible relative to the gradient due to bending as well 
as to the gradient estimated by LSR analysis. 

4.4.3 Driving pressure gradients near frontal 
tips 

It was shown above that the stress gradients in the host
rock surrounding propagating hom-tips and apophysis 
tips are due to the elastic deformation induced by dilation 

of a segmented dyke fracture system. On the other hand, 
frontal tips are part of the outer periphery of a dyke (Fig. 
1.1), and are not affected by similar internal stress 
gradients. Thus, for frontal tips, driving pressure 
gradients such as estimated for tip A and D must either 
reflect a magma pressure gradient, or a gradient in initial 
host-rock stress. 

Magma pressure gradient 

Viscous magma flows in the direction of decreasing 
magma pressure when the gradient V P m is sufficient to 
overcome the yield strength of the magma (McBirney and 
Murase, 1984). In a propagating tip, a constant pressure 
drop in the direction of the tip is maintained because a 
region of near-zero pressure is continuously present ahead 
of the magma(§ 2.4.2). When a tip is arrested, the magma 
that continues to flow towards the low-pressure region 
near the tip will effectively 'inflate' the tip, and the magma 
pressure will approach hydrostatic equilibrium. Thus, if 
a driving pressure gradient tha tis estimated for a solidified 
dyke represents a magma pressure gradient, this gradient 
must either: [1] have been supported by the yield strength 
of a stationary magma (Pollard and Muller, 1976); or [2] be 
equal to a viscous flow gradient that was 'frozen in' when 
solidification was completed before a hydrostatic 
equilibrium was attained. For tip A, LSR analysis using 
various data sets indicated the presence of a driving 
pressuregradient,estimatedat V P1=0.2MPa/m, thatis 
approximatelyconstantoveradistanceofseveralhundred 
metres. 

The magma pressure gradient required to overcome 
the magma yield strength cry is a function of the channel 
width w (Pollard and Muller, 1976): 

2cr 
VP = __ Y 

m w (4.22). 

For tholeiitic basaltic magmas, the yield strength 
increases from -10·5 MPa near the liquidus 
temperature to -10-2 MPa near the solidus temperature 
(McBirney and Murase, 1984, Fig. 10). Thus, it is 
reasonable to assume that the magma yield strength 
in the central channel is cry s10·3 MPa, suggesting that the 
width of the channel in which a magma pressure gradient 
V Pm = 0.2 MPa/m can be arrested by the magma yield 
strength is w S 0.01 m. The fact that, for tip A, the 
estimated gradient is measured over regions of the dyke 
where the thickness is in the order of 0.1-1 m implies that 
this gradient cannot have been supported by the magma 
yield strength. 

In order to assess whether the magma pressure 
gradient may have been' frozen in', the horizontal magma 
flux in the direction of the tip due to this gradient at an 
arbitrary position along the dyke is estimated. The time 
available for flow at this position is estimated from the 
time required to significantly reduce the local width 
of the channel by solidification. 

At s = 125 m south of tip A, the thickness t = 0.37 m. 
The minimum amount of time required to reduce the 
width w of the central channel of liquid magma from 0.3 
m to 0.2 m is in the order of lo-4 seconds (Fig. 2.31). Taking 
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a high estimate for the viscosity of 1000 Pa.s, a magma 
pressure gradient V Pm = 0.1 MPa l m would lead to a 
minimum mean flow velocity u "'0.3 m l s (2.46) i.e. to a 
minimum flux Q"' 0.07 m2 I s (2.44). If this flux would be 
sustained, it would be able to 'inflate' the complete tip 
region within a time I; of the order of 103 seconds. In 
reality, the flux would gradually decrease while the tip 
is inflated, but this does not affect the main conclusion 
that the observed gradient at tip A is too high to represent 
a magma pressure gradient. 

Host-rock stress gradient 

Because the estimated driving pressure gradient at 
tip A cannot be related to a magma pressure gradient, it 
must be due to a host-rock gradient. Existing models for 
dyke emplacement treat dykes as isolated structures in 
homogeneous host-rock, whereby the initial state of stress 
in the host-rock is assumed to be either uniform, 
characterized by a constant gradient, or characterized by 
a variable gradient associated with a layered crust (Spence 
and Turcotte, 1985; Lister and Kerr, 1991; Lister, 1991; 
Nakishima, 1993). However, in reality most dykes are 
emplaced in dense swarms (cf. Fig. 8.1), and for a 
propagating dyke, the initial state of stress is the sum of 
the induced elastic stress fields due to all previously 
emplaced dykes plus an increment of extensional 
' tectonic' stress. This stress perturbation by pre-existing 
dykes may be a potential cause for driving pressure 
gradients of the magnitude estimated for tip A. 

In general, it is impossible to reconstruct the state of 
stress at the time of emplacement of a given dyke in a 
parallel dyke swarm: [1] because this depends on the 
three-dimensional geometry of all neighbouring dykes; 
[2] because the sequence of emplacement of parallel dykes 
cannot be established; and [3] because the amount of 
stress relaxation due to creep processes is unknown. 
However, the principle can be illustrated by the stress 
perturbation due to a single pre-existing blade-shaped 
dyke loaded by uniform driving pressure(§ 2.2.7; Pollard 
and Segall, 1987). The distribution of principal stress was 
shown in Figure 2.9. In addition, Figure 4.18 shows a 
graph of the induced elastic stress gradients dae111 
dxz as a fraction of normalized driving pressure~ 1 
L. Within several hundred metres of either side of tip A, 
parallel dykes of 5 to 15m thick occur that belong to the 
same swarm. For M = 40 GPa and ~ u = 40 MPa, a dyke 
of 10 km long has a maximum thickness of 10 m and 
induces an elastic stress gradient dae111dx2 ;::: 0.1 MPa in 
a region up to 320 m on either side of the tips. This 
suggests that the driving pressure gradient estimated for 
tip A may indeed be due to the effect of the pre-existing 
dykes. 

4.4.4 Average driving pressure and tectonic 
stress 

Figure 4.18 further suggests that the maximum driving 
pressure D.Pmax estimated at the centre of dyke 0120D, 
i.e. at s"' 500 m south of tip A, may be partly attributed to 
an extensional stress perturbation, such as that 

Fig. 4.18 The induced elastic stress field around a pre-existing 
dyke presents an inhomogeneous 'initial' host-rock stress field for 
a propagating dyke. Gradients in induced dyke-normal elastic 
stress dae11/dx2 are contoured as fractions of normalized driving 
pressure t.P/L, for a pre-existing blade-shaped dyke loaded by a 
uniform driving pressure, calculated from the global LEFM solution 
(Eq. 2.6; Pollard and Segall, 1987). Regions where the dyke-normal 
stress increases in the direction of propagation are shaded. 

present in the region ahead of a dyke tip (Fig. 2.9). Thus, 
the maximum estimated driving pressures estimated for 
individual dykes may not be representative for the average 
driving pressure that is required for dyke propagation 
through the continental crust. A tentative estimate for 
the average driving pressure for the Pe-rich tholeiite 
dykes in the Vestfold Hills is~"' 40 MPa. 

Tectonic stress D. a was defined in 2.2.2 as the difference 
between the dyke-normal initial stress ai11 and the dyke
parallel initial stress cr'22 = cr'33. Because dykes propagate 
normal to the smallest principal stress cr3, it follows that 
ain = cr3 and that D.cr is always negative, i.e. extensional. 
The magnitude of the tectonic stress relative to the driving 
pressure is denoted by the ratio I D.cr I I D.P, and is indicated 
by the orientation of fracture segments at offsets (e.g. Olson 
and Pollard, 1989), as well as by the orientation of a tip 
that propagates through the perturbed stress field of a 
pre-existing dyke, such as interpreted for tip A. This is 
illustrated in Figure 2.9g too, where the orientation cr3 is 
indica ted by small axes. For I D. a I I~< 1, the orientation 
of principal stress is dominated by the induced elastic 
stress, which is directly proportional to the driving pressure 
(2.6), and in this case the propagation path of dyke, which 
is normal to cr3, will be strongly curved in the 
neighbourhood of the pre-existing tip (Fig. 4.19b, cf. Fig. 
2.9g). On the other hand, for I D.cr I I~> 1, the orientation 
of principal stress is dominated by the tectonic stress, and 
in this case the propagation path of the later dyke is 
virtually straight and parallel to the pre-existing 
dyke (Fig. 4.19a, cf. Fig. 2.9i) . In the case of horn tips at 
an offset, both tips affect each other, and both tips will be 
curved when I D.cr I I~< 1 (Fig. 4.19c; Olson and Pollard, 
1989). 
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The fact that, in the Vestfold Hills, hom tips are as a 
rule parallel to each other without obvious curvature, 
and that frontal tips such as tip A are straight while 
arrested in a region of significant stress perturbation, 
suggest that extensional tectonic stress played a significant 
role in the emplacement of these dyke swarms in the 
continental crust (see also Chapter 8, Fig. 8.8). The 
magnitude of the extensional tectonic stress during 
emplacement of the Pe-rich tholeiite dyke swarm of the 
Vestfold Hills is estimated as equal to, or higher than the 
average driving pressure, i.e. I ~cr I ~ 40 MPa. 

The previous discussion confirms that, in a dyke swarm, 
the initial state of stress is inhomogeneous, with 
considerable local variations in the magnitude of the 
smallest principal stress cr3. Since dykes propagate 
in the plane of least compressive principal stress, i.e. 
normal to cr3, but within this plane will propagate 
preferentially in the direction of the maximum 
increase in driving pressure (Lister and Kerr, 1991), this 
suggests that dykes that are emplaced within a dense 
swarm will, as a rule, have an irregular three-dimensional 
geometry. 

4.4.5 Effect of stress gradient on propagation 

One of the principal aims of the field study of exposed, 
solidified dyke tips is to identify the cause of arrest. The 
fact that all studied dyke tips were arrested wile 
propagating in the direction of increasing dyke-normal 
host-rock stress suggests that local variations in the host
rock stress field may be the cause of propagation arrest. 

It is illustrative to discuss the propagation of tip A, 
prior to arrest, for the hypothetical case that the resistance 
to propagation due to viscous flow is negligible 
relative to the resistance due to fracture toughness (§ 

pre-existing dyke 

(a) 
propagating dyke 

·------------~ 11.1cri/.1P > 1 I 

pre-existing dyke 

(b) propagating ,; 
· - - - - , , ~yke ., ; ---- 11.1ai/.1P - 0 I 

/ 
,----------- · 

(c) _,,; ------- ____ ,.., 
11.1ai/.1P - 0 I 

2 propagating dyke segments 

Fig. 4.19 (a) Schematic drawing of the fracture path of a dyke tip 
approaching the tip of a pre-existing dyke for l~oi/~P > 1 {i.e. 
significant extensional tectonic stress). (b) Idem for i~oi/~P = 0 (i.e. 
negligible extensional tectonic stress). (c) Schematic drawing of 
the fracture path of two segments at an offset for l~oi/~P = 0. 

2.4.4). In this case the dynamic stress intensity factor Kctyn 
(§ 2.3.8) is equal to Kstat and is given by (4.4) . Figure 
4.20b shows the schematic, hypothetical decrease of K 
with propagation for tip A, i.e. for increasing distance 

(a) 100 

(b) 

~p 

(MPa) 

Kstat 
(MPa .~/2) 

-150 

1000 
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400 
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0 __,.. 
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Fig. 4.20 Driving pressure distribution ~P(s) (a) and stress intensity 
factor K (b) as a function of dyke fracture length L of tip A (dyke 
0120), for the hypothetical case that the magma viscosity is zero 
(see text for discussion). The driving pressure distribution is based 
on the model Ill solution for R=47 m and L= 1000m, assuming that 
the dyke remains symmetric around the centre, and that the driving 
pressure at the centre ~Pu2 remains constant (65 MPa) during 
propagation. 

from the dyke centre. When the dyke would have 
propagated a distance of -139 m beyond tip A 
(calculated using Eq. 4.2, assuming P max= PL/2 = 65 MPa, 
and V P5 =0.17MPa/m),Kwouldhavedecreased to zero. 
This implies that it would have been impossible for dyke 
0120D to propagate beyond this point, even when the 
resistance to dyke propagation due to fracture toughness 
and viscous flow would both be zero. It is concluded that 
the host-rock stress gradients associated with all studied 
tips present an effective local' stress barrier' to propagation. 
(A similar conclusion has been reached from experimental 
studies into the causes ofhydrofracturepropagation arrest 
(§ 2.4.5) by e.g. Warpinski et al., 1982 and Teufel and Clark, 
1984). For a further analysis of the mechanism of dyke 
propagation and arrest, it is necessary to discuss non
elastic deformation structures in the host-rock adjacent to 
dyke tips and at the contact (see Chapter 5). 

4.5 Conclusions 

LSR analyses using simple LEFM models lead to 
good fits to dyke thickness profiles measured in the 
field. Near-tip thickness data lead to good estimates for 
the near-tip dyke shape, characterized by the tip shape 
parameter n, even when the dyke length L is unknown. 
Deviations from the idealized blade-shaped dyke 
geometry can be corrected when the local inclination of 
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the periphery is known. The stationary stress intensity 
factor Kstat can be calculated from the tip shape 
parameter n and the host-rock stiffness M. Using a 
stiffness estimate M = 40 CPa, estimates for Kstat at two 
frontal tips, three horn tips, and one apophysis tip from 
the Vestfold Hills are in the range 164-545 MPa·m112. 

Reliable estimates for driving pressure distributions 
are only possible when the total length of the dyke is 
known, and when thickness data constrain the dyke 
shape over most of this length. For the Fe-rich 
tholeiitic dykes from the Vestfold Hills, the estimated 
maximum driving pressure is dPmax"' 32-106 MPa. The 
estimated average driving pressure is ~p "' 40 MPa. The 

extensional tectonic stress duringemplacementofthe Fe
rich tholeiitic dykes is estimated as I ~a I ~ 40 MPa. 

Driving pressures decrease towards all studied 
tips, and in several cases a negative driving pressure 
is estimated at the tip. In all cases the estimated 
driving pressure gradient reflects a gradient in the 
host-rock stress field. For frontal tips this host-rock 
stress gradient is due to local stress perturbations 
that are expected to be common in dense dyke 
swarms, for horn tips this gradient is due to the effect 
of the complementary dyke segment at an offset, and 
for an apophysis tip this gradient is due to the bending 
of the bridge. 

Table 4.1 Dyke tip studies described in Chapters 4, 5, and 6. 

dyke tip frontal horn apophysis frontal horn horn horn horn 
tip A tip B tip c tip 0 tip F tip G tipH tip I 

dyke 01200 01200 01200 10070 06100 06100 06120 08860 
suite FRT FRT FRT FRT FRT FRT FRT HMT 

age (Ma) 1245 1245 1245 1380 1245 1245 1245 2240 

stud 
LSR (Chapter 4) + + + 
deformation (Chapter 5) + + + + 
chemistry (Chapter 6) + + + + + 
brecciation (Chapter 6) + + 

tl..l!.l.ll.;. 

FAT: Fe·rich tholeiite 
HMT: high·Mg tholeiite 
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Table 4.2 Dyke tip thickness profile data sets. 

dyke tip frontal tip A 
R 1m 
N 12 

dyke tip 
R 
N 

s (m) t (mm) 
0 .00 1 .5 
0.08 4 .5 
0.16 8 .5 
0.24 9 .5 
0 .32 11 .5 
0 .48 12.5 
0 .56 15 
0 .64 17 
0 .72 18.5 
0 .80 19.5 
0 .88 20 
0 .96 22 

hom tip F 
10m 

7 

s (m) t (mm) 

0 0 
1 16 
2 23 
3 30 
4 31 
5 40 

10 56 

frontal tip A 
47 m 

40 

s (m) 

0 .00 
0 .96 
2 .39 
3 .19 
3 .99 
4 .79 
5 .66 
6 .63 
7 .60 
8.56 
9.54 
10.54 
11 .53 
12.53 
13.53 
14.53 
15.52 
16.52 
19.51 

t (mm) 

1 .5 
2 2 
37 
39 
45 
49 
52 

53.5 
57.5 
67 .5 
68 
70 
70 
82 
82 
87 
88 
92 

104 
20 .51 107 
21 .51 108 
22 .51 114 
23 .45 111 
24 .39 114 
25 .33 122 
26.27 128 
27.21 138 
28 . 14 143 
29 .08 134 
30.02 144 
30.96 145 
31 .90 148 
35.66 151 
36 .60 151 
39 . 41 148 
41 .29 160 
43 . 17 172 
44 . 11 168 
45 .99 172 
46 .93 177 

hom tip F 
1.5 m 

16 

s (m) t (mm) 
0 .00 0 
0 .01 3 .5 
0.0 1 3 
0 .05 4 
0 .10 4 
0 .15 5 .5 
0 .20 6 
0 .25 7 .5 
0 .40 8 
0 .50 8 
0 .60 9 
0 .70 10.5 
0 .80 11 
1.00 1 3 
1 .20 12 
1 .50 15 

frontal t ip A 
481 m 

2 3 

s (m) t (mm) 
0 .00 1.5 
10.54 70 
20 .51 107 
30 .02 144 
39 .41 148 
46 .93 177 
59 .82 177 
125.23 368 
140.26 420 
153.42 410 
163.32 452 
172.24 465 
188.86 431 
264 .37 643 
287 .55 670 
297.20 715 
321 .96 702 
367.20 910 
390.27 900 
409.70 890 
431 .42 940 
456 .04 995 
480 .78 1030 

hom tip G 
9m 

6 

s (m) t (mm) 
0 0 

0 .4 8 
13 

1 .5 15 
3 . 4 22 

9 45 

frontal tip A 
735 m 

35 

s (m) t (mm) 
0.00 1 .5 
10.54 70 
20 .51 107 
30 .02 144 
39 .41 148 
46 .93 177 
59 .82 177 
125.23 368 
140.26 420 
153.42 410 
163.32 452 
172.24 465 
188.86 431 
264 .37 643 
287 .55 670 
297 .20 715 
32 1.96 702 
367.20 910 
390.27 900 
409 .70 890 
431 .42 940 
456.04 995 
480 .78 1030 
530 .80 985 
538 .68 950 
563 .49 997 
589.39 1007 
597.36 1026 
605 .33 1023 
631.23 720 
662 .44 725 
694 .03 555 
703 .35 617 
720.07 625 
735 .47 645 

horn tip B 
46 m 

11 

s (m) t (mm) 
0 .00 0 
1 .10 9 
4 .10 22 .5 
6 .10 32 
9 .10 42 
12.10 49 .5 
22.10 64 
28 .04 64 .5 
34.85 80 
37. 76 86 
46 .48 93 

horn tip B 
12m 

6 

s (mm) 
0 .0 
1 .1 
4 .1 
6 . 1 
9 . 1 
12. 1 

t (mm) 

0 
9 
22 .5 
32 
42 
49 .5 

apophysis tip C 
4.5 mm 

18 

s (mml t (mml 
0 .000 0 .000 
0 .265 0 .106 
0 .529 0 .238 
0 .794 0 .331 
1 .060 0 .384 
1.320 0 .437 
1.590 0 .503 
1 .850 0.635 
2 .120 0 .728 
2 .380 0. 768 
2 .650 0 .873 
2 .910 0 .979 
3 . 180 1 .090 
3 .440 1.160 
3 .710 1 .190 
3 .970 1.380 
4 .230 1 .430 
4 .500 1.460 

frontal tip D 
9m 
10 

s (m) t (mm) 
0 .0 0 
0 .4 4 
2 .4 16 
4 . 1 1 9 
4.3 20 
4 .6 21 
5 .2 25 
5 .9 21 
7.4 28 
9 .0 36 

frontal tip D 
63.6 m 

5 7 

s (m) 

0 .00 
0 .40 
2.40 
4 .10 
4.30 
4 .60 
5 .20 
5 .90 
7 .40 
9 .00 
10.60 
12. 10 
17. 10 
26 .40 
27 .50 
28 .35 
28 .60 
29.00 
29.70 

t (mml 
0 
4 

16 
19 
20 
21 
25 
21 
28 
36 
38 
39 
49 
66 
69 
67 
67 
67 
67 

30.40 65 
31 .00 67 
31 .40 68 
31 .65 
32.00 
32.20 
32. 40 
32.60 
32 .70 
33.00 
33 .70 
34.20 
34. 40 
34.80 
35.50 
36 .10 
36.40 
36.70 
36.90 
37.10 
37.60 
38 .20 

68 
66 
65 
65 
68 
66 .5 
67 
64 .5 
64 
64 
63 .5 
63 
62 .5 
58 .5 
61 
59 
61 
61 
56.5 

39.00 56 .5 
39 .30 56 
39 .90 55 
40.30 56 .5 
42 .40 52 .5 
42 .70 58 
43 .60 56 .5 
45 .20 
46 .00 
46.50 
47.00 
47.10 
63 .30 
63.60 

57 .5 
55 
60 
5 7 
59.5 

8 
2 
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Table 4.3 Results from least squares regression analyses. 

dyke tip A 
L 1000 m 
R 1m 
N 12 

!moon (mm) 13 

constants 

A 
1000 m 

47 m 
40 
103 

1 c 3.33 ·1 o·• 3 .94 ·10·• 

A 
1000 m 
481 m 

2 3 
51 2 

A 
1000 m 
735 m 

35 
618 

4.20 ·1 o· • 
8 .43 ·1 o· 7 

8 
200m 
46 m 

11 
49 

8 
200m 
12m 

6 
26 

5 .17·10' 4 4.81 ·10'4 

c 
0.2 m 

4.5 mm 
18 

0 .76 

2 .32·1 o·• ·1 . 1 5 ·1 o · 3 ·3.49 ·1 o · 1 

4 .36·1 o· 6 3 .00 ·1 o ·5 7 .1 6·1o o 
.....:u---c::,11.. -3 .45 ·1 o · 2 -4.96·1 o ·• -3 .54 ·1 o · • 

~~-O::c"-, 1 .39 ·10·• 3 .36·1 o · 6 2 .82·1 o· 6 

111 c, -2 .86·1 o ·2 · 3 .85 ·1 o · • -4 .92 ·1 o·• -5 .88 ·1 o ·• 2.47·1 o·• -9 .59 ·1 o · • · 2 .99 ·1 o · 1 

c 1.59·1 o · • 4 .01 ·1 o ·6 4 .34 ·1 o · 6 4 .63·1 o · 6 5 .54 ·1 o·6 3 .60·1 o ·5 8 .49·10 ° 
--:JV~--..::Cv._ ·4.67·1 o · 2 1 .40 ·1 o· 2 -3 .58 ·1 o · • ·6.09·1 o · • 2 .04 ·1 o·• 2 .09·1 o ·2 3 .41-10 ° 

c, 4 .41 ·1 o ·• -4 . 32·1 o · • 2 .75·1 o· 6 -3.86 ·1 o · 7 1.27·1 o·5 -3 .41 ·1 o · 3 · 5 .35·10 2 

--:--:---C=::- · 3 .4B·1o · • 5 . 19·1o·• 1 .15-10· 7 5 .31 ·1o· 6 -1 .06·10 ·5 4.1 2·1o ·3 6.42 ·10 2 

v c;, 1.32·1 o · 2 1 .54·1 o -2 8 .42·1 o -3 8.35 ·1 o·3 

tip shape parameter n (-1 o·3 ) 

I 13.2 15.6 
II 
Ill 

IV 
v 

SDR mm 

11.3 
11 .5 
11 .2 
13.2 

I 0 .94 
II 0.63 
III 0 .64 
IV 0 .62 
v 0 .99 

13.6 
UJi 
12.5 
15.4 

7.5 
4 .9 
4.9 
4 .4 
6 .9 

SDR as percentage of lmun 
7 .3 7.3 

II 
Ill 
IV 
v 

K 

II 
III 
IV 
v 

<loP (MPa) 1 

II 
Ill 

IV 

4 .8 
4.9 
4.8 
7 . 6 

453 
460 
447 
528 

13 
· 1 .4 ·1 o3 

· 1. 1 ·1 03 
·1.9 ·1 0 3 

&P 1 (MPa) 1 

Ill 

IV 

&P (MPa) 1 

II 
IV 

2 .0·103 

·12 

4 .2 ·103 

1.6 ·104 

V P1 (MPalm) 1 

4 .8 
4 .7 
4 .3 
6 .7 

625 
545 
~ 
500 
615 

16 
·20 
-15 
522 

65 
2.2·103 

115 
· 1.6·104 

14.0 
11 .8 
13.9 

26 
31 
26 

5 . 1 
6 .0 
5 . 1 

559 
472 
557 

- 14 
· 20 
· 1 4 

67 
43 

99 
96 

15.0 
10. 1 
10.2 

130 
62 
56 

21 
10 

9 .0 

1000 
402 
557 

17 
· 24 

~ 

69 

ll 

51 
·40 

9 . 16 
7.98 
7 .95 
8.04 
8 .42 

4 .2 
3 .1 
3.1 
3 .1 
3.2 

8.6 
6 .3 
6 .3 
6 .3 
6.5 

366 
319 
318 
322 
337 

21 
9 .3 
1.ll 
8.2 

a2 
17 

44 
110 

8 .53 
6.22 
6 .20 

~· 
8 .35 

3 .2 
1.3 
1.3 
0 .3 
3 .0 

13 
5 .0 
5.0 
1.2 
12 

341 
249 
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Table 4.4 Results from least squares regression analyses. 
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ChapterS 

Mechanisms of dyke propagation and arrest II. 
An analysis of deformation structures adjacent to the contacts 

and near arrested tips of solidified dykes 

5.1 Introduction 

A commonly accepted fracture propagation criterion states 
that propagation occurs when K ~ Kc, where K is the 
stress intensity factor at the fracture tip(§ 2.2.3) and Kc is 
the host-rock fracture toughness(§ 2.3.1 ). For crustal rock
types under atmospheric conditions, experimentally 
derived values for Kc are in the order of 1 MPa·m112 (Fig. 
2.16a). Experimental data for several rock-types show an 
approximately linear increase of Kc with pressure P, but 
data are only available for pressures up to 0.1 GPa, i.e. 
representative only of the upper few kilometres of the 
crust (Fig. 2.16b to d). The variation of Kc throughout the 
crust is poorly constrained. 

The region near a fracture tip where deformation 
associated with propagation occurs is called the process 
zone. In Chapter 2, two alternative models from the 
literature were discussed that describe the micro mechanics 
of deformation in the process zone. The frontal zone 
model (§ 2.3.4) assumes that all non-elastic deformation 
associ a ted with fracture propagation occurs within the 
host-rock around the tip while the fracture is stress-free 
(Fig. 2.18a). On the other hand, the cohesion zone model 
(§ 2.3.5) assumes that the host-rock is linear 1 y elastic and 
that all deformation associated with propagation occurs 
within (part of) the fracture surface, whereby a closing 
stress must be overcome by non-elastic mechanisms in 
order for the fracture to propagate (Fig. 2.18b). Both 
models lead to a description of fracture toughness Kc as 
a function of pressure, and can thus, in theory, be 
used to extrapolate available experimental data to 
crustal pressures. For granitic rocks, the frontal zone 
model leads to a maximum value Kc =50 MPa·m112 at 
P = 1 GPa (representative of the base of normal thickness 
continental crust), while the cohesion zone model leads 
to values Kc < 10 MPa·m112 for all crustal pressures(Fig. 
2.21). 

In Chapter 4, the stress intensity factor Kat arrested 
dyke tips was estimated by least squares regression 
(LSR) analysis of near-tip dyke geometry, for a number of 
exposed, solidified dykes in the Vestfold Hills that were 
emplaced in granitic (s.l.) host-rock. The estimated values 
forK are in the range 164-545 MPa·m112, i.e. significantly 
higher than the predicted range of Kc in the crust. A 
possible explanation for this discrepancy is that the stress 
intensity factor estimated for the arrested tips is a stationary 
value Kstat that is not representative for the dynamic stress 
intensity factor Kctyn during steady-state propagation (§ 
2.3.8), with Kstat >> Kctyn· In this case the propagation 
criterion is Kctyn ~ Kc and the resistance to dyke propagation 
due to fracture toughness is small relative to the resistance 
due to viscous flow (§ 2.4.4). 

In this Chapter, this possibility is further investigated 
through the study of non-elastic deformation structures 
near arrested tips and adjacent to dykes. The frontal zone 
model and the cohesion zone model both describe 
process zone size as a function of the pressure of 
emplacement and the magnitude of the stress intensity 
factor K (Section 2.3). If the proposed explanation is 
correct, the process zone associ a ted with arrested tips (the 
stationary process zone) must be considerably larger than 
the process zone associated with steady-state 
propagating tips (the dynamic process zone). 

5.2 Observations 

Numerous dykes were investigated for deformation 
structures in the host-rock around arrested tips and 
adjacent to the contact. Most investigations involved 
macroscopic (i.e. field) observation of the exposed bed
rock surface. For the tholeiitic dykes of the Vestfold Hills, 
the only deformation structures that were thus identified 
occur around arrested horn tips and frontal tips (cf. 
Fig. 1.1), and consist of sets of dark, straight fractures that 
are parallel to the dykes. (In contrast, lamprophyric dykes 
of the Vestfold Hills commonly have zones of parallel 
fractures ·along their entire length, at distances up to 
several m away from the dyke. Similar fracture zones 
associated with lamprophyric or alkaline dykes have been 
reported by other workers, (e.g. Andrews and Emeleus, 
1975; Delaney et al., 1986; Foley, 1989), but are rarely 
reported associated with tholeiitic dykes. Deformation 
associated with lamprophyric dyke propagation is not 
further discussed in this thesis.) 

The macroscopic fracture process zones at the 
arrested (tholeiitic) dyke tips were sampled for 
microscopic observation, and their dimensions were 
measured in the field. In addition, numerous samples 
were collected from host-rock immediately adjacent to 
dykes, virtually all of which contain microscopic 
deformation structures. 

5.2.1 Macroscopic process zones 

Figure 5.1a shows a schematic macroscopic process zone 
with a width 28, which is the maximum dimension 
measured normal to the dyke, and a length X· The width 
is independent of the inclination of the periphery (cf. Fig. 
4.2). The measured widths 28 for tips A, B, D, F, and 
G are in the range 0.09-0.35 m (Table 5.1, p. 75). 

Figure 5.2 shows the anatomy of the macroscopic 
fracture zone around horn tip B (Fig. 4.3a), reconstructed 
from parallel sections. The volume of rock shown in 
Figure 5.2 contains the full width (28 = 0.1 m) of the 
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macroscopic process zone, consisting of 11 macroscopical! y 
visible intercrystalline fractures. Intercrystalline 
(micro)fractures are defined as fractures that are 
continuous over a number of grains, i.e. the length of the 
fracture is greater than the grain size (e.g. Simmons and 

(a) (b) 

Fig. 5.1 Schematic drawing of macroscopic process zones at 
arrested tips (a) and at offsets (b), consisting of parallel fractures 
that are visible in the field . Typical scale for (a) and (b): 0.5 m wide. 

Richter, 1976; Krantz, 1983) . Note the planar attitude 
and parallelism of the intercrystalline fractures around 
tip B, and the local inclination (~ = 23°) of the periphery 
(Fig. 5.2). 

Segmentation of the dyke tip 

In all cases where the geometry of a dyke tip within a 
fracture process zone was studied in detail, it was found 
that the d yke surface is segmented in a complex way, 
as is illustrated for tip Fin Figure 5.3a (see also Fig. 
4.13). Both the outer periphery as well as inner 
peripheries that are associated with offsets (Fig. 5.3; cf Fig. 
1.1) are strongly curved. The resulting complex dyke tip 
geometry makes it virtually impossibly to define the 
exact location of the dyke tip in a given exposed cross
section (cf § 2.3.5). 

A dense system of parallel intercrystalline fractures, 
similar to that described for tip B (Fig. 5.2), occurs also 
around tip F, defining a macroscopic fracture process 
zone with a width 28"' 0.14 m. For clarity, these fractures 
are not shown in Fig . 5.3a . Figure 5.3b shows a 
horizontal section through the offset at point p. The 

macroscopic 
(intercrystalline) 

fractures 

inclined periphery (horn tip B) 
plunge: 23° towards 031° 

10mm -
Fig. 5.2 Orthographic block-diagram of the macroscopic process zone at horn tip B, reconstructed from five parallel sections. The dyke 
periphery, drawn in black, occurs in fact behind fracture 8, and partly coincides with fracture 7. The width of the individual fractures is 
exaggerated for clarity 
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(a) 

(b) 

(c) 

intercrystalline 
fractures 

shaded areas represent a zone of intense brittle 
deformation, with shattered and comminuted host-rock 
fragments that were derived locally. The bending of 
intercrystalline fractures within the host-rock (cf. 
Fig. 4.17) between the two segments, whereby the 
crystallographic orientations rotate with the fractures, 
indicates that magma intruded into an already formed 
set of parallel fractures . Figure 5.3c shows the 
reconstructed fractures prior to dilation of the dyke 
segments by the magma. 

Fig. 5.3 

I 
I 

I 

(a) Orthographic block-diagram of the geometry of horn tip F, 
reconstructed from four parallel sections. lntercrystalline fractures 
(not shown) are present throughout the volume of host-rock in (a). 
Magma is confined to flow in the long directions of the individual 
segments. (b) Horizontal section of an offset at point p.lntercrystalline 
fractures bend into the deformed volume of host-rock between the 
segments. Locally, intense brittle deformation led to brecciation by 
comminution of the host-rock minerals. (c) Schematic drwing of the 
offset at p prior to dilation. 

5.2.2 Microscopic deformation near arrested tips 

On a microscopic scale, the following structural 
elements can be recognized in process zones near 
arrested tips: [1] Parallel intercrystalline fractures, 
including those that are macroscopically visible (Fig. 5.2) . 
In many cases, these fractures are filled or 'lined' with 
dark material, e.g. very fine-grained biotite (Fig. 5.4a). The 
width of this filling or lining varies from< 1 Jlm to -0.1 
mm, and is commonly not continuous. Intercrystalline 
fractures that are not filled are inconspicuous in the field. 
Intercrystalline fractures commonly consist of 
anastomosing fracture strands (Fig. 5.4a). 

[2] Intracrystalline microfractures, i.e. fractures that 
are contained within a single mineral grain (e.g. Simmons 
and Richter, 1976; Krantz, 1983). These generally form 
parallel sets (Fig. 5.4b) that are either parallel or near
parallel to the dyke-fracture surface, and occur in quartz, 
plagioclase, and K-feldspar, preferentially in large and/ 
or lobe-shaped grains. 
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Fig. 5.4Microphotographs from thin sections of dyke tips and process zones from the Vestfold Hills. 
(a) Process zone around frontal tip A, showing an intercrystalline fracture (1) that is partly filled by biotite, and that is partly healed (2) . 
Virtually all grain boundaries are decorated by a veneer of orange-brown material (3). Note also a set of intracrystalline microfractures (4) 
that are parallel to the intercrystalline fracture. Scale bar is 2.5 mm. (b) Parallel set of intracrystalline microfractures within a quartz grain 
in the process zone around frontal tip D. Long dimension of grain is 2 mm. (c) Breccia phase at frontal tip A, consisting of angular clasts 
of plagioclase and quartz within a matrix of mainly biotite and carbonate. Carbonate inclusions (5) are present in plagioclase grains in 
the host-rock. Scale bar is 2.5 mm. (d) Crystallized margin of dyke 06100, segment 8 (left; see Fig. 4.13, location is at s =126m south 
of tip F), cut by a fine-grained apophysis (right). The fracture surface of the apophysis is irregular and jagged, partly consisting of grain 
boundary segments (6) . Scale bar is 2.5 mm. 

[3] Grain boundary microfracture networks, i.e. 
networks of fractures that are coincident with the contact 
between two individual grains (e.g. Simmons and 
Richter, 1976; Krantz, 1983). Grain boundary 
microfractures near arrested tips are commonly 
decorated by a thin(< 1 Jlm) veneer of brownish-yellow 
material (possibly Fe-oxide, Fig. 5.4a), or by carbonate or 
biotite. In cases where they are undecorated, they are 
characterized by a much more fracture-like appearance 
than grain boundaries in undeformed host-rock. In general, 
grain boundary microfracture networks are present 
where intracrystalline microfractures are absent and vice 
versa. 

All these fractures are tensile fractures without a 
shear displacement, suggesting that they were formed 
normal to the local smallest principal stress o3. 

Intercrystalline and intracrystalline microfractures 
may be healed, in which case they may be recognized as a 
planar inclusion trail. In many cases, only part of an 
intercrystalline fracture has been healed, e.g . 
preferentially in a specific mineral (Fig. 5.4a) The most 
commonly found inclusions consist of carbonate or an 
opaque phase, while fluid inclusions are relatively 
rare. 

(a) (b) 

Fig. 5.5 
(a) Schematic drawing of the dyke-fracture surface dominated by 
intercrystalline microfracture segments. A plagioclase grain (pi) is 
filled with small carbonate inclusions. (b) Schematic drawing of the 
dyke-fracture surface dominated by grain boundary microfracture 
segments. Typical scale for (a) and (b): 0.1-1 mm wide. 

5.2.3 Deformation adjacent to dykes 

Although, in general, the nature of the deformation 
structures adjacent to the planar contact of a dyke at a 
distance from the tip is similar to that near arrested tips, 
there some significant differences: [1] macroscopically 
visible fractures are generally absent; [2] the fracture 
density is relatively small; and [3] the deformation 
structures extend over a distance 8 away from the contact 
that is much smaller than for process zones near arrested 
tips. For example, in the host-rock adjacent to dyke 0120D, 
at s = 4 m south of tip A (Fig. 4.3b), intercrystalline 
fractures, up to0.1 mlong, are present up to3 mmfrom the 
contact while sporadic intracrystalline and grain 
boundary microfractures occur up to 40 mm away from 
the contact. In the host-rock adjacent to dyke 0120D at s = 
180 m south of tip A (Fig. 4.3a), the only conspicuous 
microstructure is a dyke-parallel intercrystalline fracture 
at -0.5 mm from the contact. 

The dyke-fracture surface generally consists of 
intercrystalline fracture segments that are straight and 
smooth over distances several times the local grain size 
(Fig. 5.5a). In general, even minerals with a good cleavage 
such as pyroxene or biotite do not visibly affect the 
orientation or continuity of the fracture surface. An 
exception to this rule is generally formed by apophyses 
where they cut the solidified margins of the main 
dyke (cf. Fig. 4.13). In this case the fracture surface is 
commonly dominated by grain boundary segments (Fig. 
5.5b, Fig. 5.4c). Since the fracture surface of apophyses in 
host-rock is similar to that of main dyke segments, this 
effect may be due to the relatively small grain size that is 
characteristic of dyke margins. 

Segmentation such as is characteristic of arrested tips 
(Fig. 5.3) is uncommon for the dyke-fracture surface 
away from the tips. 

5.2.4 Deforrmation at offsets 

In several cases, fracture process zones that ar•? similar to 
those associated with arrested dyke tips occt.~ at offsets 
(Fig. 5.1 b). Fractures within the host-rock bridge are bent, 
indicating that the fractures were invaded b y magma 
in a similar fashion as at arrested tips. 

5.2.5 Brecciation 

Host-rock fragments commonly occur in so-called breccia 
phases at tips and near offsets (Fig. 5.6a and b), but are 
otherwise rare in the tholeiitic dykes of the Vestfold 
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Hills. Breccia phases are characterized by abundant 
angular fragments of host-rock (mostly quartz and 
plagioclase), within a matrix that is rich in biotite and 
carbonate (Fig. 5.4d). The grain size of the clasts is always 
small ( << 1 mm). Inspection of the opposite fracture 
surface on either side of the dyke invariably indicates 
that the host-rock fragments were not derived locally, but 
must have been transported over considerable distances. 
However, breccia phases and magma are never seen to 
mix (see also Chapter 6). The presence of abundant 
carbonate and biotite in the matrix of the breccia phases 
suggests that transportation occurs as a fluidized 
mixture, with the clasts being supported by a C02-

and H 20-bearingvapourphase. Clasts must be dislodged 
from the host-rock by multiple, possibly intracrystalline 
microfractures (Fig. 5.6c). In order for such fragments to 
be collected in a breccia phase, they must be 'plucked' 
from the host-rock before this is wetted by the magma 
flowing into the newly created fracture. The initial rapid 
cooling of magma against the relatively cold host-rock 
will protect the host-rock from the flowing magma, making 
removal of angular host-rock fragments by flowing 
magma unlikely. The presence of breccia phases is thus 
indirect evidence for process zones during propagation 
that are characterized by multiple fractures, and with 
a size 20 that is at least of the order of the size of the 
clasts in the breccia phase (Fig. 5.6c). 

5.2.6 Carbonate and biotite 

Small carbonate inclusions are often present in host-rock 
immediately adjacent to dykes and near arrested tips, 
either aligned as an inclusion trail along a healed 
microfracture, as a lining on fracture surfaces, or, in some 
cases, dispersed throughout plagioclase grains (Fig. 
S.Sa). The latter occurrence suggests that, during 

(a) (b) 

fracture propagation, the plagioclase was stressed in 
tension to such a degree that COrbearing vapour
assisted brittle failure occurred throughout the mineral 
grain. During subsequent recrystallization, trapped 
vapour led to the crystallization of pockets of carbonate 
within the plagioclase. Since carbonate is not a common 
mineral phase in the Vestfold Hills basement gneiss, 
these occurrences are interpreted as evidence for a C02-

bearing vapour phase that is associated with dyke 
propagation (see also Chapter6). Similarly, the abundance 
of biotite in breccia phases and in intercrystalline 
fractures suggests that H20 was also present in the 
vapour phase. 

5.3 Discussion 

Stationary fracture process zones near arrested tips are 
characterized by a greater extent and a greater 
(micro)fracture density than similar zones adjacent to 
dykes. This observation has important implications for: 
[1] the magnitude of the stress intensity factor during 
propagation and arrest; [2] the host-rock fracture 
toughness; [3] the mechanism of dyke propagation; and 
[4] the cause of propagation arrest. 

5.3.1 Stationary vs. dynamic process zone 

The fact that the observed stationary and dynamic process 
zones are characterized by non-elastic deformation in the 
host-rock suggests that the frontal zone model (§ 2.3.4) 
may be used to describe these process zones. 

In the LEFM approximation of the frontal zone model 
(§ 2.3.4), the outer limit of the process zone is defined as 
the locus where the LEFM state of stress is equal to a 
chosen failure criterion for the host-rock (Fig. 2.19). 
Because shear fractures have not been observed in this 

(c) 

Fig. 5.6 Breccia phases, consisting of angular clasts of host-rock in a matrix rich in biotite and carbonate, in a frontal dyke tip (a) and at 
an offset (b). Dislodgement of fragments from minerals in the host-rock requires microfracturing (c). When fragements are dislodged by 
magma, they become frozen in with the magma at the margin. Host-rock fragments in breccia phases at tips and offsets (a, b) must have 
been transported seperate from, and ahead of, the magma. Typical scale for (a), (b)and (c): 0.1·1 mm wide. 
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study, a tensile failure criterion is appropriate. The 
relationship between K, the total width ofthe process zone 
28, the lithostatic pressure PL, and the tensile strength 
crt' is (2.34): 

K = 1.36 "\128 (P - cr ) 
L t (5.1). 

In theory, this relationship holds for arrested tips (K 
= Kstat and 8 = 8stat) as well as for propagating tips (K = 
Kciyn and 8 = 8ctyn)· Since PL and crt are constant, and 
assuming that several corrections to the frontal zone 
model that are discussed in the next paragraph equally 
affect the stationary and the dynamic process zone size, 
Kciyn can be estimated when Kstat,8stat' and 8ctyn are known: 

yn 
K =K dyn stat 

t (5.2) 

For example, for tip A, Kstat = 545 MPa·m112 and 28stat = 
0.35 m. At a distances =4msouthof tip A, intercrystalline 
fractures define Octyn = 3 mm, leading to an estimate Kciyn 
= 71 MPa·m112. At a distances= 180m south of tip ,A, a 
single intercrystalline fracture defines Octyn = 0.5 mm, 
leading to an estimate Kciyn = 29 MPa·m112. These crude 
estimates suggest that propagation arrest involves the 
increase of the stress intensity factor from a dynamic value 
Kciyn to a stationary value Kstat· The estimate for Kciyn at a 
large distance away from the tip may represent a steady
state value equal to the fracture toughness under the 
conditions of emplacement, i.e. Kc = 29 MPa·m112. This 
estimate for Kc is consistent with the values that are 
predicted at intermediate crustal pressures on the basis of 
the frontal zone model (Fig. 2.21). 

5.3.2 Frontal zone model vs. cohesion zone model 

The LEFM approximation of the frontal zone model 
describes a relationship between stress intensity factor, 
frontal zone size, and the lithostatic pressure, and can 
therefore potentially be used to estimate the pressure of 
dyke emplacement. Equation (5.1) can be written as: 

K 
p = cr t + 0. 73 stat 

L '\J28stat 

nM 

J2°stat (5.3), 

where n is the tip-shape parameter estimated by LSR 
analysis (Chapter 4), and M is the host-rock stiffness. 
When estimates are available for n, M, 8stat' and crt, the 
emplacement pressure PL can be solved directly from 
(5.3). Table 5.1lists the pressures that are estimated 
using (5.3) both using the regional stiffness estimate 
M = 40 GPa (Chapter 4) and the Hill aggregate estimate 
Mh (App. A;§2.2.6),calculated using the modal mineralogy 
of the host-rock in the stationary process zone (App. A, 
Table A.2). The tensile strength crt is assumed to be zero. 
All estimates are in the range PL = 0.4-1.0 GPa, 
equivalent to a depth range of -15-35 km. 

Table 5.1 Dimensions of macroscopic proceu zones 
end emplacement preuure estimates 

n M' P,' '-\,2 f>t.2 
lip (m) ("10" 3 ) (GPa) (GPa) (GPa) (GPa) 

A 0.35 13.6 40 0.67 49.9 0.84 
8 0 . 10 7.14 40 0.66 51.2 0.84 
D 0 .20 7.66 40 0.50 45.3 0.57 
F 0.14 9.77 40 0.76 41.5 0.79 
G 0.09 8.16 40 0.79 50.0 0.99 

Notes: 
1 Regional estimate for host-rock stiffness. 
2 Hill-estimate for local aggregate stiffness, based on near-tip mineralogy. 

Emplacement pressures for the 1245 Ma and 1380 Ma 
Fe-rich tholeiitic dykes were previously estimated by 
Kuehner (1986, 1992) by experimental reproduction of 
chilled margin phenocryst assemblages. He found that 
the phenocryst assemblages of these dykes could only be 
reproduced at pressures below 0.55 GPa. Conventional 
mineral-exchange barometry applied to the groundmass 
assemblage of the chilled margin gave a pressure of 0.53 
GPa (Kuehner, 1992). A subsequent study by Seitz (1994) 
has shown that conventional barometry applied to central 
samples of a dyke belonging to the -2400 Ma high-Mg 
tholeiites (see Chapter 8) record systematically lower 
pressures than the margin samples. The implication of 
these studies for the 1245 Ma and 1380 Ma Fe-rich tholeiitic 
dykes is that the estimate by Kuehner (1992) should be 
regarded as an upper bound on the emplacement 
pressure of these dykes, i.e. PL s; 0.55 GPa. This suggests 
that the estimates listed in Table 5.1 are consistently too 
high. 

Several corrections to the emplacement pressure 
estimates that are presented in Table 5.1 are possible. [1] 
If the actual process zone widths 28stat are greater than 
those based on macroscopic observation, the pressures 
listed in Table 5.1 are under-estimates. [2] The LEFM 
approximation of the frontal zone model under-estimates 
the size of the process zone, possibly by a factor 2 
(Irwin, 1957; § 2.3.4), suggesting that (5.3) under
estimates PL by a factor ..J2. [3] If the actual value forM 
is lower than the aggregate value, as has been suggested 
by several workers (e.g. Rubin and Pollard, 1987), this 
would lead to higher pressure estimates. Together, these 
corrections lead to emplacement pressure estimates that 
are significantly higher than 0.55 GPa, implying that 
the relationship between PL, 8, and Kstat that follow 
from the frontal zone model do not directly apply to 
arrested dyke tips. 

The frontal zone model is based on the assumption 
that the fracture is stress-free and that all non-elastic 
deformation occurs in the host-rock surrounding the 
fracture tip (§ 2.3.4). However, the deformed host-rock 
bridges in the segmented part of the dyke tip (Fig. 
5.3; cf. Fig. 2.17c) effectively resist dilation of the 
dyke, and hence exert a closing stress on the dyke
fracture surface. This means that, in reality, the dyke
fracture surface is not stress free, and that the process 
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zone contains elements of the cohesion zone model (§ 
2.3.5) as well as the frontal zone model. Although 
the two models are by definition mutually exclusive (§ 
2.3.6), and therefore cannot be combined in a formal 
analysis, some insight can be gained by the concept of 
fracture tip shielding (e.g. Lawn, 1993, p . 72-75). The 
stress intensity factor Kstat estimated by LSR analysis 
(Chapter 4) represents the loading by the driving 
pressure over the full length of the dyke, concentrated in 
a region near the tip. For an ideal linear elastic material 
and an ideal stress-free fracture (i.e. when LEFM applies), 
a finite value of Kstat is associated with infinite stress 
at the tip (§ 2.2.5). However, in reality, there is no 
infinite stress, and the effect of bridging structures 
in the dyke fracture (cohesive zone) as well as 
fractures in the host-rock (frontal zone) is a shielding 
ofthe actual dyke tip from the concentrated stress. The 
combined shielding effect amounts to a negative 
shielding stress intensity factor Kshield = -Kstat (cf Lawn, 
1993, p. 74). In order to estimate PL using the frontal zone 
model, it would thus be necessary to know the 
contribution to Kshield due to bridging structures in the 
dyke-fracture surface relative to the contribution 
due to fractures in the host-rock around the tip. 

Rubin (1993) has argued thatthe stress intensity factor 
K cannot be used to describe the near-tip stress field 
during dyke propagation, because strong magma 
pressure gradients (see § 5.3.4 below) lead to non
singular terms in the stress field that are not negligible 
relative to the singular terms (see § 2.2.3 and 2.3.7). In 
other words, the process zone associated with steady
state propagation does not fully lie within the K
dominant region (§ 2.2.3). This argument does not, 
however, apply to arrested dyke tips because after 
propagation arrest the magma approaches hydrostatic 
equilibrium. 

5.3.3 Tectonic stress 

The fact that the stationary process zones consist of tensile 
fractures that are consistently parallel or near-parallel to 
the dyke-fracture surface implies that the near-tip stress 
field was characterized by a constant orientation of cr3, 
normal to the dyke surface. The orientation of principal 
stress around a dyke tip is a function of the extensional 
tectonic stress ~cr (§ 2.2.2) . Figure 2.9 illustrates that an 
increase in I ~<J I leads to parallelism of cr3 near the tip. In 
the absence of tectonic stress, the orientation of cr3 is 
variable, and Figure 2.9g suggests that in this case 
tensile fractures would be curved, converging to a 
position ahead of the dyke. Thus, the parallelism of the 
tensile fractures suggests a significant extensional 
tectonic stress (cf § 4.4.4). 

5.3.4 Resistance to propagation 

On the basis of the estimated driving pressure 
distribution for tip A, the variation of K as a function of 
dyke-fracture length L was calculated in § 4.4.4 and 
illustrated in Figure 4.20, for the hypothetical case 
that the resistance to dyke propagation due to viscous 

flow is negligible relative to the resistance due to 
fracture toughness(§ 2.4.4). However, the fact that Kct 
<< Kstat implies that, in reality, the resistance due ro 
fracture toughness is relatively insignificant. This is 
illustrated for tip A in Figure 5.7, where the solid curve 
representing the actual variation of Kct n with 

. . y 
propagation pnor to arrest, based on estimates for Kctyn 
at s = 4 and 180m south of tip A, is compared with the 
hypothetical curve (dashed) of Figure 4.20. 

5.3.5 Vapour phase 

When viscous flow forms the main resistance to dyke 
propagation, this leads to a strong decrease in magma 
pressure towards the propagating tip (Fig. 2.27b). The 
result of low pressure in the tip region is a decrease in the 
dynamic stress intensity factor Kctyn relative to the 
magnitude of Kstat associated with a hydrostatic magma 
pressure distribution, (cf Fig. 2.27a). Numerous workers 
have suggested that the low magma pressure in the 
propagating tip may lead to exsolution of volatiles and the 
formation of a low-viscosity vapour phase that travels 
ahead of the magma (e.g . Anderson, 1978; Lister,1990; 
§ 2.4.2). However, direct evidence for the presence of such 
vapour phases associated with propagating dykes has 
not been presented in the literature to date. Several 
observations presented in this study suggest the presence 
of a vapour phase during the propagation of the tholeiitic 
dykes of the Vestfold Hills: [1] the abundance of 
carbonate and biotite in fractures and as dominant 
matrix constituents in the breccia phases, and the 
presence of carbonate in plagioclase grains; and [2] the 
lack of mixing between breccia phases and magma phases, 
suggesting that the breccia phases were transported as a 
fluidized mixture (§ 5.2.5). 

A first-order estimate of the length lv and dilation at 
the base D(lv) of a vapour phase during steady state 
propagation of tip A can be obtained from a model that 
was discussed in§ 2.4.2 (Pollard, 1987; Rubin, 1993). This 
model assumes a uniform magma pressure P m and a 
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Fig. 5. 7 Stationary and dynamic stress intensity factor as a function 
of dyke-fracture length fortip A. The curve for l<stat (dashed) is from 
Fig. 4.20. The curve for Kdyn (solid) is based on two estimates (dots) 
at s = 4 m (~yn ~ 71 MPa.m 112) and at 180m (Kdyn ~ 29 MPa.m 1/ 
2) from tip A. It is assumed that steady state propagation occurred 
prior to arrest, and hence that the fracture toughness Kc is equal to 
Kdyn at s = 180m. 
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uniform vapour pressure P v << P m (Fig. 2.27c). Assuming 
that PL"' 0.5 GPa, M> = 40 MPa; Kstat"' 545 MPa ·m 112, Kdyn 
= Kc"' 29 MPa·m112, and Pv = 0, the dimensions of the 
vapour phase at the tip of a 1000 m long, propagating 
dyke are estimated as lv"' 1.4 m and D(lv) "'24 mm, using 
(2.50) and (2.51). 

The above estimate for the width at the base of a 
vapour phase is several orders of magnitude higher than 
the size of the largest host-rock fragment that occur in 
breccia phases, lending support to the suggestion that 
host-rock fragments and vapour phase formed a fluidized 
mixture that travelled ahead of the magma (§ 5.2.5). 

5.3.6 Cause of propagation arrest 

The fact that Kstat >> Kc (§ 5.3.1) implies that dyke 
propagation was not arrested as a result of a high fracture 
toughness of the host-rock, and hence that the fracture 
mechanics propagation criterion based on Kc (§ 2.3.1; Eq. 
2.31) cannot be used to predict the conditions of dyke 
propagation arrest. An alternative cause for dyke 
propagation arrest is the blocking of magma flow into the 
dyke tip by solidification(§ 2.5.2; cf Lister and Kerr, 1991). 

In§ 2.5.2, a propagation criterion was proposed that 
suggests that steady-state dyke propagation is only 
possible when the propagation velocity V exceeds a 
critical velocity V0 which is a function of the thermal 
parameters of the magma and the host-rock, and of the 
dynamic dilation profile. Although the dynamic dilation 
profile is unknown, it must have been intermediate 
between two end-member profiles, for the hypothetical 
cases that either the resistance due to viscous flow or the 
resistance due to fracture toughness is negligible (§ 
2.4.4). The near-tip dilation profile is characterized by 
Kstat in the first case, and by Kc in the second case. Using 
(2.71), near tip dilation profiles based on Kstat and Kc 
respectively lead to a lower and an upper bound on the 
critical velocity. Using the thermal parameters from 
Figure 2.31, and using Kstat"' 545 MPa·m112 and Kc "'29 
MPa·m112, the upper bound is -2 m/s, and the lower 
bound is -1 mm/ s for initial host-rock temperatures T hi in 
the range 0-500°C (Fig. 2.33a). This implies that the dyke 
propagation velocity during steady state propagation 
must have been higher than 1 mm/s. 

The increase ofK during propagation arrest, illustrated 
in Figure 5.7, implies that the magma in the tip region 
approached a hydrostatic equilibrium after propagation 
was arrested. Pressurization of the tip can only occur by 
magma flow, which initially appears to contradict the 
conclusionthatpropagationarrestiscausedbytheblocking 
of magma flow in the tip. This paradox is easily resolved 
when the rheology of magma as a function of crystallinity 
is taken into account. At a temperature between the 
liquidus and the solidus, magma consists of liquid plus 
crystals. When the crystallinity of magma increases above 
a certain level, perhaps in the range of 40-60% (Petersen, 
1987), the crystals begin to form a supporting solid 
framework, leading to a dramatic increase in strength 
(McBirney and Murase, 1984; Ryerson et al., 1988). It is 

proposed that dyke propagation is effectively arrested when 
the crystallinity of magma at the tip reaches a critical level, 
above which bulk flow of magma is no longer possible 
(Petersen, 1987). However, the residual liquid phase that is 
present between the crystals will continue to flow for 
some time under the influence of a pressure gradient 
(Petersen, 1987). Significant residual flow would lead to 
thepressurization,or'inflation' of the tip. This, in turn, results 
in an increase of the stress intensity factor and to the 
generation of tensile fractures. Figure 5.3b illustrates that 
residual magma can intrude into the fracture process zone, 
leading to segmentation of the arrested tip, and resulting 
in a complex three-dimensional dyke tip geometry. In 
Chapter 6, this mechanism is further discussed, based on an 
analysis of the geochemistry of arrested dyke tips. 

5.4. Conclusions 

Stationary process zones at arrested tholeiitic dyke 
tips are characterized by parallel sets of intercrystalline 
fractures, and by intracrystalline or grain boundary 
microfractures. Intercrystalline fractures are commonly 
decorated by a filling of fine-grained biotite or opaque 
material, which accounts for their easy recognition in the 
field. Arrested dyke tips are further characterized by 
intense irregular segmentation, leading to complex three
dimensional dyke tip geometries. Fractures in the host
rock and bridging structures in the segmented tip both 
contribute to shielding of the dyke tip from the 
concentrated loading that is characterized by the 
stationary stress intensity factor Kstat· 

The measured widths of the macroscopically visible 
process zones are in the range 28 = 0.09-0.35 m. Dyke 
emplacement pressures, calculated from estimates 
for 28 and Kstat using the frontal zone model, over
estimate the actual pressure because the effect of 
bridging structures is neglected in this model. 

The host-rock fracture toughness Kc plays a minor role 
during dyke propagation and arrest, since it does not form 
the main resistance to steady state propagation, and is not 
the cause of propagation arrest. An estimate for the 
fracture toughness under conditions of dyke emplacement 
in granitic host-rock is Kc"' 29 MPa·m112, which is within 
the range of fracture toughness values under crustal 
conditions that is expected on the basis of experimental 
data and theoretical models. 

The main resistance to steady state dyke propagation 
is due to viscous flow. The presence of a C02- and H 20-
bearing vapour phase in tholeiitic dyke tips during 
propagation is indicated by the presence of breccia 
phases at tips and near offsets; by the presence of carbonate 
in healed and sealed microfractures in host-rock minerals 
adjacent to dykes; and by the partial replacement of 
plagioclase crystals by carbonate. 

Propagationarrestiscausedbytheblockingofmagma 
flow into the dyke tip as a result of solidification, which is 
expected to occur when the propagation velocity V 
decreases below a critical value V c· For tip A, a minimum 
estimate for the critical velocity Vc is 1 mm/s. 
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Chapter 6 

Mechanisms of dyke propagation and arrest III. 
An analysis of dyke tip geochemistry 

6.1 Introduction 

On the basis of geometrical analyses of arrested dyke tips 
(Chapter 4) and the study of non-elastic deformation 
structures in host-rock near arrested tips and adjacent to 
the dyke contact away from tips (Chapter 5), it was 
concluded that host-rock fracture toughness does 
not play a significant role during dyke propagation and 
arrest. The main resistance to steady-state dyke 
propagation is due to viscous flow, and propagation 
arrest is caused by the blocking of magma flow into 
the dyke tip due to solidification (§ 5.3.6). It was also 
concluded that the increase in the stress intensity factor 
from a dynamic value ~yn to a stationary value Kstat 

implies that magma continues to flow towards the tip, 
whereby magma pressure in the tip region approaches 
a hydrostatic equilibrium and the tip is effectively 
'inflated'(§ 5.3.6). 

This apparent contradiction was resolved by 
suggesting that dyke propagation is effectively arrested 
when the crystallinity of the magma reaches a critical 
level, above which the magma is crystal-supported and 
bulk flow of magma is no longer possible. However, 
in the presence of a magma pressure gradient, a 
residual liquid phase will continue to flow in the space 
between the crystals. This mechanism implies that dyke 
propagation arrest leads to crystal-liquid fractionation, 
whereby the dyke tip is enriched in magmaphile 
elements relative to more central parts of the dyke away 
from the tip, resulting in a compositional variation from 
centre to tip. 

Compositional variation at arrested dyke tips must 
also be expected as a result of the presence of a dyke tip 
vapour phase during propagation, which is predicted by 
theoretical fluid dynamics models for dyke propagation 
(e .g. Anderson, 1978; Lister, 1990), and has been used to 
explain a number of field observations concerning dyke 
propagation. For example, Baer (1991) described field 
evidence for intermittent dyke propagation in sandstone 
rocks, whereby stages of brittle fracturing, that alternate 
with stages of ductile deformation of the host-rock, 
involve fluidization of the porous host-rock by 'dyke
related fluids' (Baer, 1991). Unfortunately, since the dyke 
and part of the host-rock have been altered, no clear 
evidence for the nature of these fluids was presented. 
Other authors have also reported textural evidence 
reminiscent of host-rock fluidization, but without 
conclusive evidence that this was due to the presence of 
igneous vapours, and without a clear indication of the 
chemical nature of the original fluid or volatile species 
(Currie and Ferguson, 1970; Johnson and Pollard, 1973). 

In Chapter 5, evidence was presented for the presence, 
during dyke propagation, of a COr and H20-bearing 
vapour phase at the tips of tholeiitic dykes from the 
Vestfold Hills. Breccia phases, consisting of angular clasts 
of host-rock in a carbonate- and biotite-rich matrix, have 
been observed at all arrested tips (§ 5.2.5). The apparent 
lack of mixing between the breccia phases and the 
magma was interpreted as indicating that the breccia 
phases are transported as a fluidized mixture. 

The mechanism of dyke propagation and arrest 
in the presence of a fluidized breccia phase at the 
dyke tip, and the consequences for the near-tip chemical 
variation, are further investigated in this Chapter by a 
study of the geochemistry of arrested dyke tips from the 
Vestfold Hills. 

6.2 Analytical methods 

Samples of arrested dyke tips, and samples from dyke 
margins and centres at various distances from the tips, 
were studied for several dykes, including Fe-rich 
tholeiites and high-Mg tholeiites . The studied tips 
include frontal tips, horn tips, and an apophysis tip 
(Fig. 1.1). 

Polished thin sections of dyke tips, cut 
perpendicular to the local dyke periphery (Fig. 1.1), 
were studied by optical microscope and electron 
microprobe. Electron microprobe analyses were carried 
out using a Jeol Superprobe with an accelerating voltage 
of 15 KV, a beam current of 10 nA, and a counting time of 
40 seconds. All measurements were made using energy 
dispersive methods. Quantitative mineral analyses were 
made using a beam diameter of 1 to 3 J..Lm. The 
compositions of opaque phases smaller than 1J..Lm were 
identified from their energy spectra. Apart from 
conventional analyses on single mineral phases, 'integral' 
quantitative microprobe analyses were made on 
polished surface areas of0.01-1 mm2. Counting times were 
40 seconds. This approach was used to study gradients in 
major element concentration on a millimetre-scale in very 
fine-grained samples, and to estimate the average 
chemical composition of mineralogically homogeneous 
zones. These analyses will be referred to as 'bulk' 
microprobe analyses, and the resulting composition as a 
'bulk' composition. Bulk chemical data are given in Table 
6.3a (p. 94) . Approximate estimates for the combined 
concentrations of H 20 and C02 are obtained by subtracting 
the analysed total from 100%. On the basis of a 
comparison between whole-rock and integral analyses 
for the same dyke, e.g. dyke 0610D (tip F, zone 1 in Table 
6.3a; and column2 in Table 6.3b, p. 93), the accuracy ofthis 
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technique is found to be sufficient for the present 
purpose. 

6.3 Compositional variation 

All studied dyke tips are characterized by strong 
compositional variations from dyke centre to tip. Notable 
variations occur in: [1] major element concentration; [2] 
groundmass mineral assemblage; and [3] the 
composition of individual groundmass minerals such as 
plagioclase, pyroxene, and amphibole. 

6.3.1 Variations in groundmass assemblage 

General zonation at arrested tips 

On the basis of variations in the groundmass mineral 
assemblage, several zones can be recognized in all 
studied tips . Table 6.1a to d (p . 91) list the zones that 
are recognized for frontal tip A, apophysis tip C, and 
horn tips H and I. In general, the following sequence can 
be recognized, from the dyke centre to tip: 

- 'normal' tholeiitic dyke groundmass assemblage: 
pyroxene +plagioclase + ilmenite +pyrite; 

- amphibole appears; 
- ilmenite and pyrite disappear; 
- carbonate appears; 
- amphibole disappears; 
-biotite appears; 
- ilmenite selvage; 
- breccia phase; 
- host-rock. 
In frontal and hom tips, compositional variations 

commonly occur over a distance in the order of 10-100 
mm, and the geometries of the zonation are commonly 
rather chaotic, possibly due to the segmentation of these 
tips (§ 5.2.1; Fig. 5.3). In apophysis tip C, however, the 
complete sequence occurs over a distance in the order of 
3 mm, and the zonation geometry is relatively regular. 
Since tip C is otherwise representative for arrested 
tholeiitic dyke tips from the Vestfold Hills, it will be 
discussed in some detail. 

Apophysis tip C 

Tip C is the tip of an apophysis which intruded -55 mm 
into a host-rock bridge at a minor offset of dyke 0120D 
(Figs. 4.3 and 4.10). Dyke 0120D belongs to the 1245 
Ma Fe-rich tholeiite dyke swarm (Chapter 8), and has 
been classified as an oliv ine tholeiite (2.62 wt% 
normative olivine), with Mg# 51 1, and with plagioclase 
and clinopyroxene as phenocryst phases, occurring as 
individual crystals and as glomeroporhyric aggregates 
(~ 4 mm) (Seitz, 1991). Olivine occurs as phenocrysts in 
central portions of dyke 0120D, but is absent in the 
groundmass. In tip C, clinopyroxene phenocrysts have 
Mg# 80, and plagioclase phenocrysts have 65 mole% 

anorthite (% an) . The whole-rock composition of dyke 
0120D (Seitz, 1991), is given in Table 6.3b, column 1. 

Figure 6.1 shows the mineral zonation in tip C, as 
recognized under an optical microscope. The mineral 
phases in the groundmass of these zones are given in 
Table6.1b. Zone 1 is the 'normal' dyke with a doleritic 
groundmass texture, consisting of plagioclase, 
clinopyroxene, orthopyroxene, pyrite, and ilmenite. 

Zone 2 consists of calcic amphibole, plagioclase ( -5 
Jlm) , clinopyroxene, and abundant opaque grains 
(mainly ilmenite; sulphides are rare) . On a secondary 
electron back-scatter image, the groundmass appears to 
have a poikilitic texture, with large domains of 
amphibole (~50 Jlm) enclosing the other phases. Zone 2 
is sub-divided in Table 6.1b into zones 2a and 2b. The 
analyses for zone 2b are taken outside the area shown in 
Fig. 6.1, at a distance of 9 mm from the tip. 

Zone 3 consists of calcic amphibole ( -3 Jlm), 
plagioclase ( -3 Jlm), orthopyroxene ( -3 Jlm), and 
abundant ilmenite grains ( < 1 Jlm) which, when viewed in 
bright, plane polarized light are slightly red coloured. 
(Ilmenites in zone 2 are 'black' in comparison). Fe, Ti, and 
Mn peaks in the energy spectra of these grains indicate 
that they are Mn-rich ilmenites, (>> 2 mole % Mn). 
Sulphides are absent in zone 3. The combined bulk 
chemistry for the groundmass of zones 3 and 2a is given in 
Table 6.3a. 

Zone 4 is an opaque-poor, amphibole-rich zone that 
occurs in the central area of the tip behind zone 5. A 
similar assemblage occurs between the breccia phase 
and zone 5. The groundmass of zone 4 consists of calcic 
amphibole ( -5 Jlm), plagioclase ( -3 Jlm), orthopyroxene 
(-3 Jlm), and carbonate (-5 Jlm). A 20 Jlm wide rim of 
orthopyroxene· on a clinopyroxene phenocryst has an 
identical composition to orthopyroxene in the 
groundmass. Biotite is absent. Particularly Cl-rich calcic 
amphibole2 ( -8 Jlm) occurs between the breccia phase and 
zone 5 (Fig. 6.1) . 

Roughly equi-dimensional and well-rounded 
carbonate aggregates occur within zone 4 and in a 
protrusion ofzone3 (Fig. 6.1). Each aggregate is filled by 
a single crystal of carbonate. The size of the aggregates is 
-0.1 mm. 

Zone 5 is a biotite-rich zone which occupies the 
frontal region of tip C. The groundmass consists of 
biotite ( -5 Jlm), plagioclase ( -10 Jlm), and orthopyroxene 
( -5 Jlm). Amphibole, carbonate, and opaque grains are 
absent. The bulk chemistry of zone 5 is given in 
Table 6.3a . 

A nearly continuous rim or selvage of ilmenite 
grains (width of selvage~ 20Jlm) ispresentatthecontact 
between zone 5 and the host-rock breccia, except where 
zone 3 is locally present (Figs. 6.1 and 6.2b). At some 
places, the selvage may occur slightly inwards from 
the contact, and inwards from a quartz-microxenolith 
(Fig. 6.1, top centre) ilmenite grains are more dispersed. 

1 Mg# is the magnesium number, defined as (atomic Mg) I (atomic Mg +atomic Fe). 
2 Cl was not analysed quantitatively, but the Cl-peak in the energy spectrum was significantly higher than for other amphiboles in this tip. 
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Fig. 6.1 Zonation of apophysis tip C, based on variations in groundmass mineral assemblage, drawn from a thin section. Phenocrysts, 
xenoliths, and host-rock mineralogy are also shown. Locations of Figs. 6.2a and bare indicated. 

A breccia phase (§ 5.2.5) is present in the frontal 
part of the dyke tip (Figs. 6.1 and 6.2a), where it 
consists of angular clasts of quartz and plagioclase with 
a grain size of 20-100 Jlm, and grains of biotite, amphibole, 
and carbonate with grain sizes of -20 Jlm (Fig. 6.2a) . 
Carbonate makes up 10-20% of the volume of the 
breccia phase. 

The local host-rock of tip C is a felsic gneiss, belonging 
to the Chelnock supracrustals (Table 6.3b), with a poorly 
developed, steeply dipping gneissic layering. The 
modal composition of the host-rock bridge into which 
the apophysis was emplaced is given in Appendix A, 
Table A.2, and the bulk composition is given in Table 6.3a. 

Normal dyke contacts 

Away fro m tips and offsets, dykes are generally 
homogeneous over the full width, with minor 

compositional variations that are associated with 
variations in phenocryst abundance (cf Platten and 
Watterson, 1987). For example, a sample from dyke 
0610D (Fig. 4.13), taken at a distances =5 msouthofhom 
tip F on segment 7, where the hom thickness is 40 mm, has 
a ground mass assemblage and bulk composition that are 
indistinguishable from samples that are taken from 
the centre of 10m wide segments of the same dyke. The 
groundmass mineral assemblage shows no appreciable 
variation across the dyke. Biotite, amphibole and carbonate 
are absent. 

6.3.2 Major element variation 

Bulk-composition 

The general bulk-chemical variation in tips A, C, H, and I 
is illustrated in Figure 6.3 as 'profiles' for the major 
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Fig. 6.2 
Microphotographs of arrested tholeiitic dyke tips from the Vestfold Hills. 
(a) Frontal part of apophysis tip C with breccia phase (b), ilmenite selvage (i), amphibole-bearing opaque-poor zone (4) and biotite-rich 
zone (5). Scale bar is 250 Jlm. Compare Fig. 6.1. (b) Detail of ilmenite selvage in tip Cat the contact between breccia phase and biotite
rich zone for tip C. Scale bar is 50 Jlm. Location is indicated in (a). (c) Carbonate-filled veins (v) in horn tip H with ilmenite selvage (i) and 
hydrothermal alteration zone (3). Scale bar is 250 Jlm. Location is indicated in Fig. 6.6d. (d) Carbonate-filled veins (v) in horn tip I intruded 
from a breccia phase (b) into a biotite-rich zone (4). Scale bar is 250 Jlm. 

elements, consisting of: [1] the whole-rock composition 
of the 'normal' dyke composition; [2] the bulk 
composition of an assemblage with opaques and 
amphibole in the goundmass; [3] the bulk composition of 
a biotite-rich, opaque-poor assemblage at the tip; 
and [4] the whole-rock composition of the host-rock. 
Figure 6.3 illustrates that the variations for tips A and 
C, a frontal and an apophysis tip, respectively, of the 
same Fe-rich tholeiite, and emplaced in similar host-rock 
(Fig. 4.3), show similar variations for all oxides except 
TiOz and K20, and CaO. 

Groundmass mineral composition 

Representative microprobe analysis for pyroxene, amphibole, 
and biotite as groundmass phases and as phenocrysts in dyke 
tips are given in Tables 6.2a, b, and c, respectively (pp. 92-93). 
For groundmass plagioclase, anorthite percentages are listed 
in Tables 6.la to d. Plagioclase generally exhibits a clear 
compositional trend from dyke centre to tip, with more sodic 
compositions towards the tip, while phenocryst compositions 
are relatively calcic and show no significant variation. No 
zoning was observed in groundmass plagioclase crystals. 
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Amphiboles show strong compositional variations 
(Table 6.2b), but the observed trends vary from tip to tip. 
In tips A and C, compositional trends in amphibole are 
similar to trends in groundmass bulk-chemistry. Tips I 
and H show rather different and more complex 
behaviour, which cannot be explained on the basis of the 
available data. Pyroxenes show little systematic variations. 
Orthopyroxene, pigeonite, as well as clinopyroxene 
(augite) occur in the various tips (Table 6.2a). The present 
data are insufficient to make any definite statement 
about their distribution. 

6.3.3 Cause of compositional variation 

Before discussing whether fractionation due to residual 
flow is responsible for the observed variations, it is 
necessary to discuss the effect of two other mechanisms, 

metamorphism and host-rock assimilation, that may 
have resulted in some chemical variation. 

Metamorphism 

The Vestfold Hills underwent progressive heating and 
burial that resulted in a regional metamorphic event, 
around 1000 Ma (Black et al., 1991a; Lanyon et al., 1993; 
Chapters 7 and 8) which attained~ 0.5 GPa (~ 5 kbar) and 
-600 oc (Kuehner, 1986; Passchier et al., 1991; § 7.5). 
Whereas in the southwestern part of the Vestfold Hills all 
mafic dykes are extensively recrystallized (Fig. 8.1a; 
Kuehner, 1986), all studied dyke tips were collected in the 
northern part, on Long Peninsula (Fig. 8.1b), where 
dykes are fresh, with no sign of recrystallization or 
alteration from margin to centre, except around local 
cooling-related joints and veins (cf Seitz, 1991). 
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If the '1000 Ma' metamorphic event were the cause of 
the observed compositional variation near arrested dyke 
tips, it should equally have affected other parts of the 
dyke. The contacts of all dykes reported here have fine
grained (chilled) margins which are in many cases 
reactivated by ductile shearing and attendant hydration 
of pyroxene to amphibole. Where dyke margins have not 
been affected by shearing, they have assemblages and 
textures that are similar to the central portions of the dyke, 
without amphibole. Also, whereas biotite is present in all 
observed dyke tips, it has not been observed as the result 
of deformation- and fluid-enhanced metamorphism of 
tholeiites in the Vestfold Hills. None of the dyke tips 
discussed here is associated with a mylonite zone, or 
another large-scale fault- or fracture zone which may 
have facilitated the ingress of fluids, and it follows that 
the hydration and the compositional variation 
recognized at arrested dyke tips are not the result of 
metamorphism. 

Host-rock assimilation 

The fact that brecciated host-rock material is present at all 
observed dyke tips suggests that some of this material 
may have been assimilated by the magma, and that the 
observed compositional variation near arrested tips may 
reflect a gradient in the amount of assimilated 
rna terial. In this case, the tips should represent a 
composition that is intermediate between 1 and 4 in 
Figure 6.3. Since most constituents show either a 
maximum or a minimum concentration in the tip 
(Fig. 6.3, e.g. Si02 is always minimum), and for example 
MgO always decreases towards the tip, regardless of 
whether the host-rock is Mg-poor or Mg-rich relative to 
the dyke centre (Fig. 6.3), it is concluded that 
assimilation was not the cause of the observed variation. 

Fractionation due to residual flow 

The flow of residual magmatic liquid though a crystalline 
framework was proposed as a mechanism to explain the 
increase in the stress intensity factor K and in the size of 
the process zone associated with dyke propagation arrest 
(§ 5.3.6) . Residual flow leads to crystal-liquid 
separation, whereby a residual liquid flows towards the 
tip which will thus become enriched in magmaphile 
elements relative to the 'normal' dyke composition (cf 
Petersen, 1987). Whether the variations observed in 
arrested tips are consistent with this mechanism is 
discussed below for tip C. 

The variation in major elements has been mapped for 
tip C as a grid of 420 bulk microprobe analyses each on a 
surface of 144 x 96 Jlm, over a total area corresponding 
with Figure 6.1. The results are illustrated in Figures 6.4 
and 6.5. Figure 6.4 shows contoured maps of oxide 
weight percents for the major elements and of the 
magnesium number. Figure 6.5 presents variations 
along a profile A-B from centre to tip. The following 
trends are recognized: Si02 is relatively constant 
throughout zones 2 and 3, and then decreases towards 

the tip with a minimum in the biotite-rich zone (5); Ti02 
is also relatively constant in zones 2 and 3, has a minimum 
in zone 4, possibly corresponding with the fact that 
amphibole is the only Ti-bearing phase, and has a 
maximum in zone 5, corresponding to the presence of 
an ilmenite selvageandabundantbiotite; A/20 3 steadily 
increases towards the tip; FeO is constant in zones 2 
and 3, with a maximum in the protrusion of zone 3, 
a minimum in zone 4, and a maximum in zone 5 ;MnO 
shows a slight maximum in the protrusion of zone 3, 
which corresponds with the high abundance of 'red', Mn
rich, ilmenite; MgO shows similar behaviour to FeO, but 
with a decrease in zone 3 towards the tip; CaO decreases 
steadily towards the tip with a sharp fall from zone 4 to 5; 
Na20 steadily increases from zone 2 through 4, and then 
falls at the contact with zone 5; K20 has a very distinct 
maximum in the tip, corresponding with the biotite-rich 
zone (5) ; Sulphur, represented as S03, shows a sharp 
decrease roughly at the boundary between zones 2 and 3. 
Fluctuations in S03 concentration within zone 2 are largely 
due to the fact that this concentration is close to the 
detection limit. The analysed total shows a minimum in 
zone 4, indicating a maximum in (H20 + C02), and 
corresponding with a high abundance of carbonate, 
both as aggregates and as dispersed grains. 

In order to check whether crystal-liquid separation 
due to residual flow may be responsible for the bulk
chemical variation in tip C, the observed variation 
for each major element from zone 2a in the direction 
of the tip (Figs. 6.4 and 6.5) is compared with the 
mean bulk concentration of this element in zone 2a 
(Table 6.3a). This gives an indication ofthe composition 
of melt and crystal population which must have been 
separated if fractionation were responsible for the observed 
trends in major element concentration. It is found that the 
crystalline fraction which remained must have been 
characterized by: Si02 ~ 50 wt%; Ti02 == 1.5; Al203 :s; 14; 
FeO == 15; MnO < 0.4; MgO ~ 6; CaO ~ 10; Na20 :s; 2; K20 
:s; 1; S03 > 0.3; and (H20 + COv :s; 2 wt%. 

Groundmass phases in zone 2 include plagioclase, 
orthopyroxene, clinopyroxene, ilmenite, and minor 
pyrite. In zone 3, calcic amphibole encloses all these 
minerals, indicating that it crystallized last. The removal 
(or fractionation) of 20 wt % plagioclase, 4% 
orthopyroxene,25% clinopyroxene,1% ilmenite, and 0.1 
% pyrite, using mineral compositions measured in zones 
2a and 3, produces most ofthe observed trends. Chemical 
characteristics that do not match the calculated trends 
include the extreme maxima and minima that occur in 
zones 4 and (especially) zone 5; notably the maxima in 
K20and Ti02, theminimuminCaO,and the minimum in 
(H20 + C02) in zone 5. The cause for these additional 
variations will be discussed in§ 6.4 and 6.5. 

The compositional trend of amphibole in the 
goundmass of tip C is similar to the bulk-compositional 
trend for all elements except Ca (constant in amphibole, 
decreasing in the bulk), whereas the composition of 
pyroxene is relatively constant. This supports the idea 
that amphibole crystallized relatively late from a melt 
which was being progressively fractionated in the 
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Fig. 6.4 Map of the compositional variation in apophysis tip C, contoured for major element oxides from 420 integral microprobe 
analyses, each of a surface of 96 x 144 11m. The mineral zonation (ct. Fig. 6.1) is indicated. 

direction of the tip, and suggests that the composition of 
the crystallizing amphibole was close to that of the melt. 
The compositional trend for plagioclase, becoming more 
sodic towards the tip, is similar to the bulk
compositional trends for Ca and Na, but opposite to 
those for Si and AI. The increasing albite content may 
indicate (re)equilibration with the progressively more 

sodic melt. Together with the conclusion that plagioclase is 
important as a fractionating crystalline phase, this implies 
that groundmass plagioclase must be zoned. This could not be 
checked by microprobe due to the small grain size, which is 
close to the electron beam diameter. The abundance of carbonate 
in zone 4 is inconsistentwi th the proposed fractionation scheme. 
The fact that pyroxene in the groundmass may have been 
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partly replaced by amphibole presents an additional 
complicating factor for the modelling of the differentiation 
mechanism 

The above analysis suggests that the migration of 
residual, fractionated liquid through a progressively 
crystallizing crystal-framework is consistent with the 
chemical variation that is observed in dyke tip C, with the 
exception of extreme concentrations in the front of the tip, 

and of the abundance of carbonate so mew hat further 
from the tip. 

6.4 Breccia phases and alteration 

Below, observations from tip Hare described that 
suggest that some of the compositional features in 
arrested dyke tips, that cannot be explained by 
fractionation due to residual flow, may be the result 
of hydrothermal alteration associated with the 
presence of breccia phases. In Chapter 5 it was 
suggested that breccia phases at dyke tips and 
offsets (Fig. 5.6) are transported by fluidization, i.e. 
with the clasts being supported by a COr and H20-
bearing vapour phase, whereby the fluidized 
mixture phase apparently does not mix with the 
magma (§ 5.2.5). 

Tip His the hom tip of a small-scale en-echelon 
system of mafic dyke veins (0612D), belonging to 
either the 1245 or the 1380 Ma Fe-rich tholeiite dyke 
swarm, that was arrested in the centre of a pre
existing zigzag dyke (0611D, see Figs. 3.10 and 
8.1d), that belongs to the 2240 Ma high-Mg tholeiite 
dyke swarm (Chapter 8). 

Over a distance of 0.3 m from tip H, 
approximately half of the material within the dyke 
vein consists of brecciated host-rock derived 
from dyke 0611D, while the other half consists 
of well-zoned material belonging to dyke 0612D 
(Fig. 6.6a). The planar and parallel nature of the 
fractures bounding the vein (Fig. 6.6a) indicates 
that they were dilated by the material between 
them. The alternative explanation, that the 
breccia phase was locally derived, is 
inconsistent with the presence of extraneous 
magma (0612D) within the breccia phase. A 
zonation based on groundmass mineral 
assemblages is given in Table 6.1c. Although 
this zonation is in part similar to that for tip C, 
there are several differences: [1] The ilmenite 
selvage and the opaque-poor, biotite-rich zone are 
relatively more voluminous than in zone C, while 
an opaque-poor, amphibole-rich phase is absent; 

[2] Carbonate (calcite) veins are present, with 
minor ilmenite and biotite, that were apparently 
intruded from breccia phase material at the contact 
into the centre of the dyke vein (Fig. 6.2d and 6.6d); 

[3] Aggregates of opaque material occur in the 
breccia phase in the vicinity of carbonate-filled 
fractures. Figure 6.6c shows an opaque 
aggregate of -1 x 0.2 mm, consisting of Fe-oxide 
(probably hematite), with inclusions (1-5 ~m) 
of Fe-Cu-sulphide, Fe-sulphide, and Fe-Ni-Co
sulphide. 

The carbonate veins are surrounded by a zone 
where opaque-rich, amphibole bearing material 
(zone 2, Table 6.1c) has been apparently 
replaced by opaque-poor, biotite-rich material 
(zone 3), and a selvage of ilmenite grains is 
invariably present at the contact between the 
carbonate vein and zone 3, except where 
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When no bubbles are present in the magma at the 
time of propagation arrest, the dyke tip will be depleted 
in volatiles relative to the 'normal' magma composition. 
The carbonate aggregates in tips C (Fig. 6.1) and H (Fig. 
6.6d) may be amygdales, reflecting the presence ofbubbles 
during propagation. 

Assimilation of volatile constituents from the host
rock material, by fusion of hydrous minerals and 
brecciation of material containing fluid inclusions, would 
lead to a volumetric increase of the volatile-rich phase at 
the tip. The concentration of H 20 and C02 in the dyke tips 
described here is probably mainly due to boiling during 
propagation. Assimilation is likely to have played a role 
but cannot explain the hydration of dyke material in the 
tip. 

6.6 Conclusions 

The local chemistry and mineralogy of arrested dyke 
tips are different from the normal dyke compositions. 
Dyke tips contain carbonate, amphibole, and biotite; are 
generally clearly zoned; and have hydrothermal alteration 
zones, whereas profiles taken over a dyke several 
metresawayfroma tipshownosignificantcompositional 
variation or mineralogical zonation; do not contain 
carbonate or hydrous minerals; and commonly show no 
signs of alteration. 

The typical zonation from centre to tip, based on 
groundmass mineralogy is, starting with the normal 
tholeiitic assemblage: plagioclase + pyroxene + opaque; 
amphibole appears; opaque disappears; carbonate 
appears; amphibole disappears; biotite appears; 
ilmenite selvage; breccia phase; host-rock. This 
zonation is also expressed in variations in bulk chemistry, 
part of which can be ascribed to fractionation due to the 
flow of a residual liquid towards the tip. Another part of 
the observed variation is due to alteration, after 
crystallization is complete, by hydrothermal fluids that 
resided in the breccia phase and that are in some cases 
injected as veins. This injection is partly due to the 
contraction of the dyke due to crystallization and cooling. 
The effects of this alteration are: the removal of 
opaque grains from the crystallized magma; the 
crystallization of an ilmenite selvage at the contacts 
of the breccia phase and veins emanating from it; the 
crystallization of Fe-oxide and various sulphides 
within the breccia phase; and the disappearance of 
amphibole from, and the crystallization of biotite in, 
the dyke material. 

The presence of hydrothermal fluids in the breccia 
phase is further evidence for the presence of a vapour 
phase at the tip of a propagating dyke. Carbonate 
aggregates that may represent amygdales have been 
observed in some tips. 
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Table 6.1a Groundmaas mineral assemblage of frontal tip A 

zone miner• I crb bi am cpx pig opx pi kf qtz opq 

zone 1: dyke centre (Fe-rich tholeiite 01200) + 47 73 lim 
zone 2: opaque-rich , amphibole-bearing 48-52 47 73 lim 
zone 3: biotite- and amphibole-rich, opaque bearir + + + + lim 
zone 4: biotite-rich, opaque-poor ank 45 41-45 46 73 ilm 
breccia phase + + + + + ? + + 
host-rock + + + + + + + 

Table 6.1b Groundmass mineral assemblage of apophysis tip C 
zone miner•l crb b i am cpx pig opx pi kf qtz opq 

zone 1: dyke centre (Fe-rich tholeiite 01200) + + + + 
zone 2a: 'black' opaque-rich, amphibole-bearing 45 52 59 + 
zone 2b: 'black' opaque-rich, amphibole-bearing 44 ? 53 llm ,py? 
zone 3: 'red' opaque-rich, amphibole-bearing 39 42 40 Mn-llm 
zone 4: amphibole-rich, opaque-poor + 38-31 44-41 31 
carbonate aggregates (in zone 4) + 
zone 5: biotite-rich, opaque-poor 41 43 + 
Ilmenite selvage lim 
breccia phase + + + + + + 
host-rock (felsic gneiss) + (+) + (+) + + + + 

Table 6.1c Groundmass mineral assemblage of frontal tip H 
zone mineral crb bi am cpx pig opx pi kf qtz opq 

zone 1: . dyke centre (Fa-rich tHoleiite 06120) + + + + 
zone 2: opaque-rich, amphibole-bearing + 63 51 51-55 lim 
zone 3: biotite-rich, opaque-poor + 54 55 ? 45-50 lim 
carbonate aggregates (In zone 3) + 
Ilmenite selvage lim 
zone 4: opaque-rtch + 53 51 62 Fe-ox, Fe-Cu-NI-su 
carbonate·rich veins cc + ? 
breccia phase cc + + + Cr-mgn, lim 
host-rock (hlgh-Mg tholeiite 06110) (52) + + mgn, lim 

Table 6.1d Groundmass mineral assemblage of horn tip I 

zone mineral crb b i am cpx pig opx pi kf qtz opq 

zone 1: dyke centre (hlgh-Mg tholeiite 08860) (+) + + + (lim) 

zone 2: opaque-rich, amphibole-bearing 60 56 60 lim, py 
zone 3: amphibole-rich , opaque-poor (+) + + + (lim) 

zone 4: carbonate- and biotite-rich, opaque-poor + 57 65 56-60 52-55 lim 
zone 5: biotite-rich, opaque-poor ank 54 65-69 72 49 ? 
carbonate· rich veins ank 66 mgn, lim, Cr-mgn 
breccia phase + + + + ? + 
host-rock (high-Mg norite 0910N) + + + + + + 

fiQ1u; 
- absent;+ present; ? unknown 
ank: ankerite; am: amphibole : bi: biotite: cc: calcite: cpx: clinopyroxene: em: carbonate; 
kf: potassic feldspar: mgn: magnetite; opq: opaque: opx: orthopyroxene; ox: oxide; 
pig: pigaonite; pi: plagioclase: qtz: quartz: su: sulphide. 
numbers Indicate magnesium number Mgt for analysed biotite, amphibole, and pyroxene: 
and anorthite percentage for analysed plagioclase. 
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Table 6.2a 

tip 
zone 

•nalysis 

oxide wt% 

Si02 
Ti02 
Al203 
Cr203 
H!O 
M'O 

~ 
ao 
Na20 
K20 

Mechanisms of dyke propagation and arrest III 

Pyroxene representative analyses 

A 
p 

236 

51.22 
0.55 
2 .76 
0 .60 
7 .37 
0. 17 

16.71 
20 .13 

0 .00 
0.00 

A 

2 

220 

51 .05 
0 .00 
0 .74 
0.16 

31.16 
0 .89 

15.64 
0 .46 
0.00 
0 .00 

A 
4 

235 

49 .98 
0.00 
0.81 
0 .00 

32 .14 
1.11 

15.09 
0.39 
0.00 
0 .06 

c 
p 

1987 

50.87 
0 .65 
3.57 

7 .65 
0.00 

16.76 
18.85 

0 .00 
0 .00 

c 
2a 

2017 

49. 10 
0.53 
3.08 

19.00 
0.59 

11 . 14 
16.05 

0.00 
0.00 

c 
3 

1995 

50 .83 
0.15 
0.64 

34 .14 
1. 15 

13.70 
0.46 
0.00 
0.1 0 

c 
4 

1988 

49 .98 
0 .17 
0.98 

34.35 
1.56 

14.19 
0.46 
0.00 
0 .00 

c 
4 

2009 

49.74 
0.00 
0 .25 

34 .38 
1.59 

13.53 
0.55 
0 .00 
0.00 

c 
5 

1997 

50.23 
0 .00 
0 .30 

33.64 
1.10 

13.93 
0.32 
0.00 
0.17 

H 
p 

1821 

50 .38 
0 .93 
3.46 

11 .77 
0.19 

16.66 
15.92 

0.00 
0 .00 

H 
2 

1965 

50 .64 
0.62 
1.38 

29.05 
0.67 

17 .01 
0.91 
0.00 
0.11 

H 
4 

1962 

49.53 
0 .85 
3 .87 

14 .97 
0.00 

13.15 
16.26 

0.00 
0.40 

p 

2 

56 .91 
0.15 
0 .93 
0.32 
8.54 
0 .13 

31.59 
1.58 
0.05 
0.00 

I 
2 

31 

51.47 
0 .23 
1.27 
0 .34 

25.47 
0 .56 

17.82 
3.33 
0.07 
0.00 

4 
41 

52 .52 
0 .38 
1.15 
0.23 

22.41 
0.54 

18.57 
3.85 
0 .08 
0.11 

23 

51 .32 
0.75 
7.37 
0.00 

13.66 
0 .13 

14.49 
11.04 

0 .71 
0.72 

total 99 .55 100 .1 0 99 .58 98.35 99.49 101 . 17 101.69 100.25 99 .69 99.31 100.39 99.03 100.21 100.57 99.85 100.45 

cation• (6 oxldaa) 

Si 
AI 
Fe3+ 
Fe2+ 

tot 
Ca 
Nil 
K 
Ti 
M"l 

cation total 

mineral 

endmembera 
enstatite 
lerroslllle 
wollastonite 

.IIJilu.;. 

0.00 not detected 

not analysed 

1.89 
0 .12 
0.06 
0.17 
0.92 
0.80 
0.00 
0 .00 
0.02 
0.01 

4 .00 

80 

aug 

49 
9 

42 

1.99 
0.03 
0 .00 
1.01 
0.91 
0 .02 
0.00 
0 .00 
0 .00 
0 .03 

3 .99 

47 

opx 

47 
52 

1.97 
0.04 
0 .04 
1.02 
0.88 
0.02 
0 .00 
0 .00 
0 .00 
0 .04 

4 .00 

46 

opx 

46 
53 

1 

1.90 
0 .16 
0.01 
0 .23 
0 .93 
0 .75 
0.00 
0 .00 
0 .02 
0 .00 

4 .00 

80 

aug 

49 
12 
39 

Fe2+ and Fa3+ are calculated from stoichiometry. 

1.90 
0.14 
0.03 
0.59 
0.64 
0 .67 
0 .00 
0.00 
0 .02 
0.02 

4.00 

51 

aug 

34 
31 
35 

P: phenocryst: aug: augite: opx: or111opyroxene: pig: plgeon~e 

1.99 
0.03 
0.00 
1.12 
0.80 
0 .02 
0.00 
0.01 
0 .00 
0.04 

4.00 

42 

opx 

41 
58 

1.94 
0 .05 
0 .06 
1.05 
0 .82 
0 .02 
0 .00 
0 .00 
0.01 
0.05 

4 .00 

43 

opx 

43 
56 

1.98 
0 .01 
0 .00 
1.14 
0.80 
0 .01 
0 .00 
0 .00 
0 .00 
0 .05 

4 .00 

41 

opx 

41 
58 

1.99 
0 .01 
0 .02 
1 .10 
0.82 
0 .01 
0 .00 
0 .01 
0 .00 
0 .04 

4 .00 

43 

opx 

42 
57 

Table 6.2b Amphibole representative analyaea 

tip 
xona 

anatyaia 

oxide wt% 

Si02 
Tl02 
Al203 
Cr203 
H!O 
M'O 

~ 
ao 
Na20 
K20 
Cl 
F 

total 

A 
2 

215 

42.83 
0.95 

12.43 
0 .00 

17.33 
0 .40 
9.38 

11.50 
1.05 
0.65 
0.06 
0.00 

96.57 

A 
4 

230 

40 .97 
1.00 

15.61 
0.00 

17.96 
0 .00 
8.01 

11.78 
0.85 
1.34 
0 .24 
0 .00 

97.96 

c 
2a 

2018 

42.06 
1.13 

12.28 

18.44 
0 .00 
8 .31 

12.05 
0.71 
1.05 

96 .03 

c 
2b 

2014 

41.72 
1.18 

13.25 

18.90 
0 .30 
8.29 

11 .63 
0 .82 
1.30 

97 .39 

c 
3 

1993 

39.47 
1.33 

14.00 

19.39 
0.25 
6.83 

11 .71 
0.50 
1.59 

95.07 

catlona (23 oxygen) 

Sl 
AI 
Fe2+ 

tot 
Ca 
Nil 
K 
T i 
M"l 
F 
Cl 
Cr 

cation total 

Hll1u;. 

0.00 not detected 
not analysed 

6.50 6 .18 6.45 6 .35 6 .20 
2.22 2 .78 2 .22 2 .38 2.59 
2.20 2.27 2 .37 2 .41 2 .55 
2.12 1.80 1.90 1 .88 1.60 
1.87 1.85 1.90 1 .90 1.97 
0.31 0 .25 0 .21 0.24 0. 15 
0. 13 0 .26 0 .21 0.25 0 .32 
0. 11 0 .11 0 .13 0.14 0 .16 
0.05 0 .00 0 .00 0 .04 0.03 
0.00 0 .00 
0.02 0.03 
0.00 0.00 

15.52 15.53 15.39 15.58 15.58 

49 44 45 44 39 

cv carbonate vein 

40 .41 
1.75 

14.21 

20 .12 
0 .63 
6 .96 

11 .45 
0 .89 
1.64 

98 .06 

c 
4 

2006 

38.23 
1.73 

14.64 

21.96 
0 .27 
5 .60 

11.31 
1.02 
2.02 

96 .78 

H 
2 

1964 

46.30 
2 .40 
5.54 

12.96 
0 .18 

12.29 
16.59 

0.00 
0 .94 

97 .50 

H 
3 

1817 

41.16 
1.33 

10.52 

15.21 
0 .25 

10.26 
13.74 

0 .26 
1.34 

94.07 

6.18 6 .01 6 .92 6 .44 
2.56 2 .71 0.98 1.94 
2 .57 2 .89 1.62 1.99 
1.59 1.31 2 .74 2 .39 
1.88 1.91 2.59 2 .30 
0 .26 0 .31 0 .00 0.08 
0 .32 0 .41 0 .18 0.27 
0 .20 0 .21 0 .27 0 .16 
0.08 0 .04 0.02 0.03 

15.64 15.79 15.32 15.61 

38 31 63 55 

1.88 
0.15 
0.03 
0 .34 
0.93 
0.64 
0.00 
0 .00 
0 .03 
0.01 

4.00 

72 

aug 

49 
18 
33 

H 
4 

1960 

42.74 
1.80 

11 .85 

17.41 
0.22 

10.26 
11.52 

0.92 
1.78 

98.50 

6.40 
2.09 
2 .18 
2.29 
1.85 
0.27 
0.34 
0 .20 
0.03 

15.65 

51 

1.95 
0.06 
0.01 
0.92 
0.98 
0.04 
0.00 
0.01 
0.02 
0.02 

4.00 

51 

opx 

50 
48 

2 

I 
2 
30 

44 .05 
2.72 
9.96 
0.04 

15.46 
0.05 

13.17 
7.43 
0 .51 
3.58 
0.06 
0.00 

97.02 

6 .62 
1.76 
1.94 
2.95 
1.20 
0.15 
0.69 
0.31 
0 .01 
0 .00 
0.02 
0.01 

15.63 

60 

1.89 
0 .17 
0 .02 
0.46 
0.75 
0 .67 
0 .00 
0 .02 
0.02 
0 .00 

4 .00 

61 

aug 

40 
25 
35 

4 
42 

46 .96 
0 .83 
9 .22 
0 .00 

12.52 
0 .15 

12.77 
11 .33 

0 .98 
1.20 
0 .06 
0 .08 

96 .05 

6 .98 
1.62 
1.56 
2.83 
1.80 
0 .28 
0 .23 
0 .09 
0.02 
0.04 
0 .02 
0 .00 

15.46 

65 

1.98 
0.04 
0 .00 
0.25 
1.64 
0 .06 
0.00 
0.00 
0.00 
0 .00 

3.99 

87 

opx 

84 
13 

3 

I 
5 

21 

49 .53 
0 .43 
7 .80 
0 .00 

13.62 
0 .15 

14.09 
12.19 

0 .86 
0.57 
0 .05 
0.00 

99.28 

7 .11 
1 .32 
1.64 
3.02 
1.88 
0.24 
0.10 
0.05 
0.02 
0.00 
0 .01 
0 .00 

15.37 

65 

1.95 
0 .06 
0.03 
0 .78 
1.01 
0 .14 
0 .01 
0.00 
0.01 
0 .02 

4.00 

56 

pig 

52 
40 

7 

CV 

8 

51 .22 
0 .17 
4 .12 
0 .04 

15.22 
0 .28 

16.30 
8 .34 
0 .36 
0 .27 
0 .04 
0 .23 

96 .59 

7 .52 
0 .71 
1 .87 
3 .57 
1 .32 
0 .11 
0 .05 
0 .02 
0 .04 
0 .06 
0 .01 
0 .00 

15.28 

66 

1.98 
0 .05 
0.00 
0.71 
1.04 
0.16 
0.01 
0.01 
0 .01 
0 .02 

3.99 

60 

pig 

55 
37 

1.88 
0.32 
0.11 
0.31 
0.79 
0.43 
0.05 
0.03 
0 .02 
0.00 

4.00 

66 

aug 

51 
20 
28 



An analysis of dyke tip geochemistry 

Table 6.2c Biotite representative analyses 

tip A c c H H I 
zone • 5 5 3 3 4 5 

analyala 233 2003 1998 1961 1961 36 22 

oxide wt% 

Si02 34.23 36 .6 7 35 .2 1 36 .84 36 .84 36 .07 35 .15 
Ti02 5 .19 3 .92 4.9 7 5 .22 5 .22 4.62 • . 60 
A1203 14 .70 14.66 14.57 13.68 13.68 14.42 14.10 
Cr203 0.00 0.09 0 .06 
FeO 20 .31 22 .57 22.91 18.51 18.51 16.61 17.79 
M-0 0.31 0 .00 0 .15 0 .00 0.00 0.03 0.06 

"'!P 9.42 7 .84 8 .80 11.81 11 .81 12 .34 11.79 
Q£) 0.29 4 .10 0 .00 0 .21 0.21 0 .00 0 .69 
Na20 0.00 0 .00 0.00 0 .00 0 .00 0 .05 0 .11 
K20 9.85 7 .14 9.88 10.06 10.06 9.99 9.73 
Cl 0.12 0 .11 0.12 
F 0.00 0.17 0 .00 

total 94.39 96.90 96.49 96 .33 96 .33 94 .40 9 • . 17 

cations (22 oxygen) 
S i 5.38 5 .58 5 .44 5 .57 5.57 5.55 5 .•6 
AI 2.72 2.63 2 .65 2. 44 2 .44 2 .61 2 .58 
Fe2+ 2.67 2.87 2 .96 2.34 2 .34 2 .14 2.31 

~ 2 .21 1.78 2.03 2 .66 2.66 2 .83 2 .73 
ca 0 .05 0.67 0.00 0 .03 0.03 0.00 0 .12 
Na 0 .00 0.00 0 .00 0.00 0.00 0.02 0.03 
K 1.97 1 .39 1.95 1.94 1.94 1.96 1.93 
Tl 0.61 0 .45 0.58 0 .59 0.59 0 .53 0.5• 
!.tl 0 .04 0 .00 0 .02 0.00 0.00 0.00 0 .01 
F 0.00 0.08 0 .00 
Cl 0.03 0.03 0.03 
Cr 0.00 0 .01 0 .01 

cation total 15.68 15.35 15.63 15.59 15.59 15.76 15.7. 

Mgt •5 38 41 53 53 57 5• 

Mll1u.; 
0.00 not detected 

not enaJyaed 

Table 6.3b Whole-rock analyses from literature 

oxide wt% 2 3 4 5 6 7 

Sl02 49.97 48 .28 55 .88 55 .14 68.70 ±4.40 60 .10 ±7.30 68.50 ±5.40 
TI02 1.19 2 .21 0.67 0 .52 0.43 ± 0 .17 0 .92 ±0.45 0.55 ±0.11 
Al203 14.50 13.89 12.14 11.12 14.91 ±2.83 16.03 ± 1.67 13.73 ±2.66 
FeO 11.67 14.34 10.20 11. 19 3.50 ± 1.70 6 .26 ±3.00 5.00 ±0.80 
M-0 0 .2 4 0.24 0.16 0.19 0.05 ±0.03 0 .07 ±0.04 0.07 ±0.02 

"'!P 6 .88 5.99 9 .08 11 .00 1.88 ±0.86 3.00 ± 1.63 2 .26 ±0.62 
Q£) 11.76 10.23 7 .43 7.45 4.04 ± 1.32 5.56 ± 1.94 2.78 ± 1.21 
Na20 2 .27 2 .38 1.63 1.71 3.82 ±1 .03 4 .25 ±0.61 3.18 ±0.80 
K20 0.26 0.41 1.15 0.96 1.53 ±0.86 1.93±1 .60 2 .54 ± 1.33 
P205 0 .11 0 .21 0.11 0 .09 0 .12 ± 0.10 0 .39 ± 0.31 0.13 ±0.09 
H20 - - - - 0 .39 ±0.18 0 .36 ±0.17 0.49 ±0.15 
LOt -0.25 -0 .36 0.67 -0 .06 - - -
total 99.13 99 .46 100.25 99 .42 99 .• 3 99 .08 99 .33 

Mgt 5 1 43 61 64 .9 46 44 

Cr (ppm) 151 102 722 836 94 ±76 64 ±51 1.2 ±95 
Ni (ppm) 83 88 204 253 43 ±28 34 ±24 ss ±•6 

Mll1u.; 
- not analysed 

1 Fe-rich tholeiite dyke 01200 (tips A and C) (Seltz 1991 , sample 71729) 
2 Fe-rich tholeiite dyke 06100 (tip F) (Seltz 1991 , sample 71905) 
3 high-Mg tholeii te dyke 0611 D. host-rock tip H (Seltz 1991, sample 70623) 
• high-Mg norite 0910N. host-rock tip I, Seitz 1991 , sample 70801) 
5 Mossal gneiss (Sheraton et al . 1983, average of 8 analyses) 
6 Crooked Lake gneiss (Sheraton a t al. 1983, average of 20 analyses) 
7 Chelnock Supracrustals (Sheraton at al . 1983, average of 8 analyaas) 

93 



94 Mechanisms of dyke propagation and arrest III 

Table 6.3a Microprobe bulk analyses 

lip A A c c c F 
zone 2 4 2a & 3 5 host-rock 

N ,, 37 88 3 200 156 ., .. (mm2) 0.15 0.22 1.22 0.04 4 216 

oxide wt% 

5102 48.95 ± 3.37 44.82 ± 3.07 49 .60 ± 0.98 43.97 ± 1.52 70.12 ±16.11 48.41 ± 0 .71 
Ti02 1.50 ± 0.25 1.65 ± 0 .32 1.51 ± 0.28 2 .72 ± 0.25 0.51 ± 1.85 1.82 ± 0.32 
Al203 15.34 ± 1.48 17.11 ± 1.90 14.52 ± 2 .12 17.45 ± 0.76 14.32 ± 9 .09 14.60 ± 1.16 
reo 13.18 ± 1.41 14.85 ± 2 .07 13.50 ± 1.58 15.59 ± 0 .52 1.84 ± 2 .76 12.29 ± 1.23 
MO 0 .19-0.23 ± 0.14 0.19 ± 0 .13 0 .31-0.34 ± 0.21 0 .1 2-0 .21 ± 0 .18 0.07-0 .18 ± 0 .13 0.20 ± 0 .10 
1.\:P 6.17 ± 0.56 5 .89 ± 0.99 5 .49 ± 1.10 5.42 ± 0.26 0 .33-0.39 ± 0 .68 5.45 ± 0.82 
QL) 9 .74 ± 1.72 7.79 ± 1.61 9 .98 ± 0.95 3 .48 ± 0.74 6.68 ± 3.82 10.31 ± 0.60 
Na20 1.83 ± 0 .51 2 .15 ± 0.58 2 .08 ± 0.50 2 .70 ± 0.21 3.72 ± 2 .49 1.71-2 .22 ± 1.27 
1<20 1.35 ± 1.33 2 .91 ± 1.36 0 .87 ± 0.14 5 .30 ± 0 .55 0 .37 ± 0 .75 0.35 ± 0 .08 
P205 0.09-0. 18 ± 0.13 0 .11-0.1 6 ± 0 .13 0 . 11-0.14 ± 0.10 0.08-0 .17 ± 0 .1 1 0 .1 1-0.24 ± 0 .75 0.08-0 .13 ± 0 .10 
Cl 0 .06-0.07 ± 0 .03 0 .09 ± 0 .06 0.00 0 .00 0 .00 0 .01-0.04 ± 0.02 
F 0.00 0 .00 0 .00 0 .00 0.00 -
503 0.21-0.24 ± 0. 19 0 .06·0. 15 ± 0 .10 0 .00 ± 0. 15 0.22-0.24 ± 0.15 0.04-0 .13 ± 0 .08 0.32 ± 0.11 
Cr203 0 .02-0.12 ± 0.05 0.05-0 .14 ± 0 .08 0 .00 ± 0.00 0.00 ± 0 .00 0 .00 ± 0 .00 0.06-0 .11 ± 0.08 

total 98.62 ± 1.17 97 .65 ± 1.41 97.97 ± 1.71 97.05 ± 1.03 98 .10 ± 1.58 95.60 ± 1.53 

Mgt 46 42 39 42 28 44 

tip H H H H I I 
zone 2 4 breccia phase host·rod< 2 5 

N 19 24 12 96 52 70 ., .. (mm2) 0.03 0.04 16 133 0.72 0.97 

oxide wt% 

5i02 51 .07 ± 1.79 47.93 ± 2 .48 53.82 ± 2 .46 54 .98 ± 1.59 52.13 ± 2 .32 45.52 ± 4. 18 
Tl02 2.60 ± 0 .20 2 .66 ± 0 .46 0.66 ± 0 .14 0 .61 ± 0 .22 1.77 ± 0 .22 1.77 ± 0.30 
Al203 14.45 ± 1.42 19.35 ± 1.19 12.15 ± 1.11 13.27 ± 1.53 13.54 ± 1.27 15.55 ± 2 .27 
reo 12.94 ± 1. 13 9 .62 ± 1.23 10.36 ± 1.50 8 .98 ± 1.15 11 .01 ± 1.38 12.78 ± 2 .77 
MO 0 .17-0 .20 ± 0 . 11 0 .04-0. 16 ± 0 .08 0 .18 ± 0.09 0 . 14-0.16 ± 0 .11 0 .16 ± 0.08 0.17-0.18 ± 0 .11 
1.\:P 6 .80 ± 0 .52 5 .70 ± 1.05 5 .87 ± 1.48 6 .97 ± 2 .02 7 .84 ± 0 .97 7.29 ± 1.76 
010 7 .95 ± 1.00 5.65 ± 0 .82 5 .58 ± 1.27 7 .50 ± 0 .88 9 .58 ± 0 .89 8.61 ± 2.05 
Na20 0.90 ± 1.10 4 .14 ± 1.11 0 .70-1 .58 ± 0.85 0 .61-1 .67 ± 0.94 1 .75 ± 0 .29 1.95 ± 0 .53 
1<20 1.84 ± 0 .38 2 .49 ± 0 .39 1.29 ± 0.27 1.27 ± 0 .24 1.05 ± 0.68 2 .75 ± 1.24 
P205 0 .15-0.23 ± 0. 13 0 .03-0 .1 9 ± 0 .08 0 .06-0.13 ± 0.12 0 .02-0 .10 ± 0.06 0 .22-0 .24 ± 0.10 0 .19-0.22 ± 0 .14 
c1 - - 0 .03·0 .05 ± 0.04 0 .01 -0 .03 ± 0 .02 0.04 ± 0 .03 0.07 ± 0 .05 
F - - - - 0.00 0 .00 
503 0.41 ± 0 .16 0.13-0.23 ± 0 .30 0 .05-0.09 ± 0.06 0.03-0 .08 ± 0.06 0.29 ± 0 .12 0.09·0 . 12 ± 0.12 
Cr203 - - 0 .06·0. 11 ± 0.07 0 .08·0.12 ± 0.10 0 .05·0 .07 ± 0 .05 0.05-0 .59 ± 0 .07 

total 99 .28 ± 0 .81 97.74 ± 1.03 0 .81-91.87± 4 .08 94.48 ± 1.30 99 .43 ± 0 .82 96.79 ± 2 .47 

Mgt 47 52 50 58 56 51 

til!lll.;. 
N number of analyses 
0.00 not detected 

not analysad 

All measurements are given as mean ± standard deviation. 

Where a range is given for the mean, some of the analyses are below the detetectlon limit for this element. In this case, 
the first figure is the original value. giving a minimum estimate; the second figure Is calculated after replacing all 
analyses below the detection limit with the threshold value, giving a rnaxmum estimate. 

H 
2 (centre) 

12 
0.02 

50.02 ± 2 .20 
2 .69 ± 0.23 

13.49 ± 0.44 
14.87 ± 1.61 
0.20 ± 0 .13 
6 .32 ± 0 .98 
9.45 ± 1.08 
0.19 ± 0.13 
1.67 ± 0 .34 

0.12-0 .18 ± 0 .11 
-
-

0.85 ± 1 .25 
-

99.87 ± 1.04 

46 



95 

Chapter 7 

A Meso- to Neoproterozoic extensional-compressional tectonic 
cycle in East Antarctica 1 

7.1 Abstract 

In the Meso- to Neoproterozoic mobile belt of East 
Antarctica a high-grade, compressional, tectonic event 
is largely restricted to areas previously affected by 
crustal extension. This is indicative of an extensional
compressional tectonic cycle, which is discussed from 
the perspective of the Vestfold Hills, an Archaean 'stable' 
block in the mobile belt. 

Asymmetric extension around 1250 Ma involved 
brittle faulting and dyke emplacement in the Vestfold 
Hills and the development of sedimentary basins in the 
nearby Rauer Islands, leading to a juxtaposition of crustal 
elements with different crustal architecture. The 
rheological contrast between the crust of the Vestfold 
Block dominated by dry granulite, and of the Rauer Block 
with relatively hydrous sediments overlying a thinned 
basement, set the stage for the concentration of 
subsequent compressional crustal deformation into the 
'weaker' of the two elements. 

During the compressional phase, around 1000 Ma, 
crustal thickening and heating of the Rauer Block resulted 
in thermal collapse of the upper crust, indicated by 
intense deformation at high-grade conditions and 
isothermal uplift. This is contrasted with coeval prograde 
burial and a relative lack of deformation in the Vestfold 
Block, which was virtually unaffected by the primary 
crustal thickening event that dominated the high-grade 
belt. Burial ofthe Vestfold Block was related to secondary 
crus tal thickening due to extensional collapse of the upper 
crust in the high-grade belt, resulting in overthrusting of 
the peripheral areas. 

7.2 Introduction 

The Meso- to Neoproterozoic geology of East Antarctica 
is domina ted by an extensive 1000 Ma high-grade 'mobile' 
belt, bounded by several 'stable' blocks Garnes and Tingey, 
1983). The high-grade belt is characterized by intense 
deformation at granulite facies conditions in rocks that 
largely consist of metasedimentary material with Meso
to Neoproterozoic crustal formation ages and contain few 
mafic dykes (Sheraton and Collerson, 1983; Blacketal., 1987; 
Sheraton et al., 1984; Harley, 1987). The stable blocks, on 
the other hand, were essentially cratonized at the 
beginning of the Paleoproterozoic (Oliver et al., 1982; Black 

and James, 1983). Their later Proterozoic structural 
evolution involves several episodes of mafic dyke 
emplacement and deformation on minor brittle and ductile 
shear zones under low-grade conditions. In general they 
underwent only limited deformation and metamorphic 
re-equillibration during the 1000 Ma event (Passchier et al., 
1991; Sandiford and Wilson, 1984), although boundary 
zones to the high-grade belt consist partly of reworked 
Archaean material (Harley, 1987; Sheraton et al., 1984; 
Kinny and Black, 1993). 

Tectonic interpretations of the high-grade belt have 
focussed on the compressional 1000 Ma event and 
generally discuss the effects of simultaneous crustal 
thickening and lithospheric thinning on the thermal 
structure of the crust (e.g. Harley, 1987, 1991; Sandiford, 
1989; Stiiwe and Powell, 1989; Harley and Fitzsimons, 
1991). An inferred anomalously high heat flow in the belt 
is thought to have led to the thermal collapse of thickened 
crust, resulting in rapid, near isothermal, uplift of mid 
and low crustal granulites (Harley, 1988; Fitzsimons and 
Harley, 1991). The later tectonic history is generally 
characterized by a prolonged stage of isobaric cooling 
which indicates that little or no overthickening of the 
crust occurred (Sandiford, 1989). Although this could be 
purely a result of thermal collapse during the event, it is 
possible that the convergent belt initiated on previously 
thinned crust (Harley, 1987). It is remarkable that much of 
the high-grade belt consists of Meso- to Neoproterozoic 
metasediments whereas the surrounding stable blocks 
show a paucity of such material (Sheratonet al., 1984). We 
believe that a preceding phase of crustal extension, 
reflected by the development of sedimentary basins, was 
important in delineating the future extent of the belt and 
therefore should be included in a comprehensive tectonic 
model for the Meso- to Neoproterozoic of East Antarctica. 

In this paper we propose such a model for the Prydz 
Bay area (Fig. 7.1), where an example of a high-grade 
section of the mobile belt, bounded by a stable block, 
can be found in the multiply deformed, high-T granulites 
of the Rauer Islands (Harley, 1987, 1988) and the 
adjacent 'stable' Vestfold Hills (Passchier et al., 1991) to 
the north (Sheraton and Collerson, 1983; Fig. 7.1). The 
two areas are separated by the 10 krn wide Sersdal 
Glacier (Fig. 7.1); the contact between the mobile belt 
and the stable block is not exposed. We will discuss the 
Meso- to Neoproterozoic tectonics of the Prydz Bay area 

1 Chapter 7 has been previously published as: Hoek, J.D., Dirks, P.H.G.M. and Passchier, C.W. (1992). A late-Proterozoic extensional
compressional tectonic cycle in East Antarctica. In: Yoshida,Y., Kaminuma, K. and Shiraishi, K. (editors.), Recent Progress in Antarctic 
Earth Science, Terrapub, Tokyo, pp . 137-143. 
In order to maintain a consistent style throughout the thesis, minor changes have been made in the text and the figures and locally cross
references to other Chapter have been added. 
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Fig 7.1 Regional map of the Prydz Bay area showing the position of the Vestfold Hills, Rauer Islands, Brattstrand Bluffs and Larsemann 
Hills. 
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Fig 7.2 Schematic summary of Meso- to Neoproterozoic structural-metamorphic events in the Vestfold Hills and Rauer Islands. 

from the perspective of the Vestfold Hills, where 
evidence of an extensional phase directly preceding the 
1000 Ma compression has been preserved because of the 
low intensity of later deformation (Passchier et al., 1991). 
Using the structural evidence for Meso- toN eoproterozoic 
extensional and compressional phases in combination 
with known P-T histories, we propose a tectonic model 
for the Prydz Bay area which is based on an extensional
compressional tectonic cycle comparable to models that 
have been described for other Proterozoic belts in 
Australia and Africa (Kroner, 1984; Etheridgeet al., 1987). 

7.3 Tectonic setting of the Vestfold Block 

The Vestfold Hills were stabilised at the end of an 
Paleoproterozoic granulite event (Black et al., 1991b) after 
which they behaved as a coherent block only affected by 
repeated emplacement of mafic dyke swarms, alternating 
with episodes of brittle faulting and movement on minor 
ductile shear zones (Fig. 7.2). The mafic dyke swarms 
were emplaced during three major episodes at 
respectively2400, 1800, and 1250Ma (Passchieretal., 1991; 
Collerson and Sheraton, 1986; Black et al., 1991a), and 
have been affected by anamphibolite grade metamorphic 
event, dated at 1025 ±56 Ma (Collerson et al., 1983; Black 

et al., 1991b), that can be correlated with a granulite 
event of similar age in the Rauer Islands (Fig. 7.2; Kinny 
and Black, 1993). These events present a temporal 
framework for the Proterozoic structural evolution of the 
Vestfold Hills (Passchier et al., 1991) which allows the 
identification of structures that have direct bearing on the 
Meso- to Neoproterozoic tectonics (Fig. 7.2). Such 
structures can be subdivided into: 1) early extensional 
structures including brittle normal faults with associated 
pseudotachylite, transected by dense swarms of tholeiitic 
dykes and minor lamprophyric dykes, and 2) 
compressional structures represented by narrow ductile 
shear zones developed at amphibolite facies conditions. 

In the adjacent granulite terrain of the Rauer Islands, 
a direct equivalent has so far only been found for the 
compressional structures and related metamorphism 
(Harley, 1987; Passchier et al., 1991). The sedimentary 
sequences that are preserved in the Rauer Islands and the 
Larsemann Hills (Fig. 7.1), have Meso- to Neoproterozoic 
formation ages (Sheraton et al., 1984), and are possibly 
coeval with the extensional event in the Vestfold Hills, of 
which they could be the surface expression. It is likely that 
the later intense, high-grade deformation has destroyed 
most structural and kinematic evidence for early extension 
in the mobile belt. 
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7.4 Early extensional features in the Vestfold 
Block 

Nonnal faulting and pseudotachylite fonnation 

Sets of brittle fault-generated pseudotachylite veins 
(Sibson, 1977) are present throughout the Vestfold Hills 
(Oliver et al. , 1982; Passchier et al., 1990, 1991) . 
Pseudotachylite generation surfaces occur in two 
mutually transecting, cogenetic sets: along nearly 
vertical, NW-trending dykes dated at 1800 Ma 
(Collerson and Sheraton, 1986), and along the contacts of 
W- to SW-dipping, Paleoproterozoic pegmatites and as 

~ EXTENSIONAL PHASE 

(a) 

(b) 

brittle 
normal 
faulting 

dyke 
intrusion ~(D~ 

I COMPRESSIONAL PHASE 

(c) ductile 
thrusting 

Fig. 7.3 Lower hemisphere, equal area, stereographic projections 
of structures related to Meso- to Neoproterozoic extension and 
compression in the Vestlold Hills. 
(a) Mean orientations of pegmatites (No. 1) and mafic dykes (No. 2-
5) that pre-date pseudotachylite generation. W- to SW-dipping 
pegmatites and NW-striking dykes (1 and 2) were commonly 
reactivated as brittle normal faults with associated pseudotachylite. 
Dykes in other orientations were never reactivated. Bulk extension 
('e') and compression ('c') directions were graphically reconstructed, 
using the constraint that reactivated dyke boundaries were oriented 
at angles between 30 and 60° to the directions of maximum and 
minimum compression, whereas non-reactivated structures were 
oriented within 30° of these directions. 
(b) Planes and poles representing the mean orientations of four 
sets of Mesoproterozoic lamprophyric and tholeiitic dykes. The 
direction of bulk-extension associated with dyke intrusion is 
perpendicular to the planar orientation, parallel to the poles (J . D. 
Hoek, unpublished data). 
(c) Mean orientations of planes and stretching lineations of two sets 
of peak-metamorphic ductile shear zones. Numerical stress analysis 
techniques indicate near-horizontal, NE-directed compression (J . 
D. Hoek, unpublished data). 

isolated veins of similar orientation in the gneiss (Fig. 
7.3a). An upper age-limit for the pseudotachylite is 
presented by the 1800 Ma dykes, whereas the 1250 Ma 
dykes, which invariably cut the pseudotachylite, present 
a lower age limit (Fig. 7.2; Passchier et al., 1991). 

Many pseudotachylite veins are reactivated as 
ductile thrusts, so that original displacement directions 
are unknown. However, it has commonly been observed 
that the combination of brittle and ductile displacement 
resulted in a normal sense of movement, indicating that 
pseudotachylite generation accompanied extension. This 
is confirmed by occasional observations of undeformed 
pseudotachylites with normal movement sense. The 
direction of maximum extension can be reconstructed 
from the orientations of mechanically similar, pre-existing 
dyke boundaries of which only a limited number of 
orientations were commonly reactivated as 
pseudotachylite, whereas other orientations were never 
reactivated (Fig. 7.3a). It was assumed that the shear 
component of the regional stress field on reactivated 
planes was high, whereas it must have been low on the 
planes that were not reactivated. These criteria are only 
fulfilled for a near-horizontal, E-directed extension 
(Figs. 2 and 3a). 

Dyke emplacement 

After pseudotachylite generation, around 1250 Ma, a 
series of tholeiitic and lamprophyric dykes were 
emplaced (Fig. 7.3b; Collerson and Sheraton, 1986; 
Kuehner, 1986). These tholeiites are the most voluminous 
mafic intrusions in the Vestfold Hills (5-10% of total rock 
volume) and occur in two main sets: an early N-trending 
set which is cut by a NNE-trending set dated at 1246 ± 4 
Ma (Black et al., 1991a; Passchier et al., 1991). The less 
voluminous lamprophyric dykes are mostly older than 
both tholeiitic sets, although younger ones occur 
(Kuehner, 1987; Passchier et al., 1991; H .-M. Seitz and J.D. 
Hoek, unpublished data). Regardless of relative age, 
they are remarkably constant in orientation, trending 
NNE. 

Dilation directions for these dykes are perpendicular 
to the plane of intrusion and indicate a horizontal, 
roughly E-directed extension in the upper crust, similar to 
the extensional direction deduced from the 
pseudotachylite veins (Fig. 7.3). The large volume of 
tholeiitic magma that intruded into the upper crust 
suggests that extensive melting of upper mantle material 
must have taken place, indicating anomalous thermal 
conditions at the base of the crust (see also Collerson and 
Sheraton, 1986; Kuehner, 1986). 

7.5 Late compressional features in the Vestfold 
Block 

Ductile shear zones during prograde and peak
metamorphic conditions 

Several syn-genetic sets of amphibolite facies grade, 
ductile, shear zones postdate the pseudotachylite veins 
and mafic dykes (Fig. 7.2) . The dominant set developed 
as the ductile reactivation of the W-dipping 
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pseudotachyliteveins and occurs throughout the Vestfold 
Hills (Passchier et al., 1991). These shear zones usually 
occur as thin mylonite bands ( < 10 em) with displacements 
in the order ofl metre. Consistently S-plunging stretching 
lineations and kinematic indicators show that the shear 
zones are oblique dextral thrusts (Fig. 7.3c; Passchier et al., 
1991). A second set of ENE-trending, sub-vertical shear 
zones are defined by up to 1 metre wide mylonite bands 
with steeply E- toNE-plunging stretching lineations that 
record a sinistral component of shear, with the northern 
block moving relatively upward (Fig. 7.3c). Kinematic 
and mutual overprinting relationships between both sets 
indicate that they where alternately active within a field 
of consistent horizontal NE-directed shortening (Fig. 7.3c; 
Passchier et al. , 1990, 1991). An estimate for the average 
spacing and displacement of the shear zones, 100 and 1 
metre respectively, indicates that the bulk shortening of 
the Vestfold Block, associated with the shear zones, was as 
little as 1%. This indicates that the Vestfold Block indeed 
acted as a more or less stable block during the 1000 Ma 
event. 

Shear zone activity coincided with an increase in 
regional metamorphic conditions (Passchier et al. , 1990). 
Syn- to post-kinematically grown, coexisting, almandine 
and biotite porphyroblasts in the northern Vestfold Hills 
date the peak of metamorphism to the later stages of 
shear zone activity at peak-temperatures of 575 ± 60° C 
(Passchier et al. , 1991 ). Such metamorphic conditions have 
also been found with garnet-clinopyroxene thermometry 
and garnet-clinopyroxene-plagioclase-quartz barometry 
on garnet-bearing mafic dykes from the southwestern 
Vestfold Hills, that indicate P-T ranges of 5.6-7.5 kbar at 
600 -660° C (Kuehner and Green, 1991). An apparent 
increase in metamorphic grade towards the southwest is 
concluded from an increase in grain size of the peak
metamorphic garnet blasts in dykes and mylonite 
(Collerson et al., 1983). 

7.6 A Meso- to Neoproterozoic P-T-time path 
for the Vestfold Block and a comparison 
with the Rauer Islands 

During the 1400 Ma preceding the onset of the 1000 Ma 
event in the Vestfold Hills, the area was relatively stable 
and solely affected by the generation of early low-grade 
ductile shear zones (Passchier et al., 1991), brittle faults, 
and the emplacement of mafic dykes. The low 
metamorphic grade of the shear zones and the presence 
of pseudotachylite indicate that these structures formed 
at relatively shallow depth. Estimates by Passchier et al. 
(1990) based on comparison with experimental studies for 
pseudotachylite generation indicate maximum 
formation pressures of 2-3 kbar. New data on the 
emplacement depth for some of the mafic dykes confirms 
this view. 

Harley and Christy(1991) and Seitz (1991,1994) report 
estimated emplacement pressures for 2400 Ma, high-Mg 
intrusives of around 4.5 kbar and of 3-5 kbar, respectively. 
This indicates that previous estimates of 7-8 kbar (Kuehner 
and Green, 1991), based on experimental reproduction of 
equilibrium phenocryst assemblages in chilled margins, 
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Fig. 7.4 Meso- to Neoproterozoic P-T-time paths for the Vestfold 
Hills (VH; dark; Passchier eta/., 1990), and southern Rauer Islands 
(RI ; light; Harley, 1988). Prograde burial of the Vestfold Block 
coincides with near isothermal uplift of the Rauer Block around 
1030 Ma (Black eta/., 1991a). Note thatthe uplift path for the Rauer 
Islands is strictly speaking retrograde for the rock volume that 
moves through the crust, but for the entire Rauer Block the path is 
prograde in the sense that the thermal gradient steepens throughout 
decompression. The tentative upper age limit of 1350 Ma for the 
onset of the extensional phase is based on estimates from other 
similar Proterozoic terrains, indicating that this phase took probably 
not much longer than 100 Ma (Etheridge eta/., 1987; Dirks, 1990). 

were probably too high. This suggests that a similarly 
derived 4-5 kbar estimate for the pressure of 
emplacement of the 1250 Ma tholeiites (Kuehner and 
Green, 1991) must likewise be regarded as a maximum 
value (H.-M. Seitz, pers. comm., 1991). This is confirmed 
by the generation of pseudotachylite as part of an 
exclusively brittle deformation event, which suggests 
development in the upper crust. We tentatively conclude 
that between 2400 Ma and the onset of extension, the 
Vestfold Hills were at a relatively constant, high-crustal 
level of 2-4 kbar in which geothermal gradients had 
stabilized (Fig. 7.4). 

Following dyke emplacement the tectonic regime 
changed dramatically with a shift towards compressive 
structures, culminating in the development of ductile 
thrusts at peak metamorphic conditions of around 600° C 
and 6 kbar, dated at 1025 ±56 Ma (Fig. 7.4; Kuehner and 
Green, 1991; Black et al., 1991a). 

In the Rauer Islands no direct structural evidence for 
an early extensional phase has been found, but it is likely 
that this phase coincided with the deposition of 
meta pelitic sediments both in the Rauer Islands and further 
south in the Larsemann Hills (Sheraton and Collerson, 
1983; Sheraton eta/., 1984; Harley, 1987; Stiiwe et al., 1989). 
This implies that at the onset of the extensional phase 
much of the Rauer Islands must have been close to the 
surface (Fig. 7.4) . Harley (1988) and Fitzsimons and 
Harley (1991) describe that around 1000 Ma these 
sediments were at 7-8.5 kbar and 800° C at the 
culmination of the compressional phase associated with 
the formation of reclined isoclinal folds and a penetrative 
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gneissic layering. This was followed by a stage of near 
isothermal decompression to 5-6 kbar at 700-750° C 
associated with upright folding, and subsequent near 
isobaric cooling to the stable geotherm (Fig. 7.4; 
Fitzsimons and Harley, 1991 ). A summary ofthe P-T -time 
paths for the Vestfold Hills and Rauer Islands is 
presented in Figure 7.4. 

7.7 Discussion 

The Meso- to Neoproterozoic deformational history in the 
Vestfold Hills contains evidence of an early extensional 
phase pre-dating 1250 Ma and a later compressional phase 
around 1000 Ma. These deformational phases can be 

(a) EXTENSIONAL PHASE 

(b) COMPRESSIONAL PHASE 

Q Rauer Block 

Fig 7.5 A two-stage extensional-compressional tectonic model 
for the Meso- to Neoproterozoic history of the Prydz Bay area. C: 
crust, ML: mantle lithosphere, A: asthenosphere. 
(a) Asymmetric lithosphere extension led to the development of 
sedimentary basins above the area of maximum crustal thinning 
(e.g. Rauer Islands, Larsemann Hills), whereas magma generation 
and dyke emplacement due to adiabatic decompression of 
asthenospheric material occurred above the site of maximum 
lithospheric thinning (Vestfold Hills; Wernicke , 1985; Sandiford and 
Powell, 1986). In this area, extension of the upper crust is 
accommodated by brittle normal faulting . The E-W direction of 
extension, as recorded in the Vestfold Hills, bears no relation to the 
present geography of the Prydz Bay area due to possible rotation 
of the Vestfold Block during the compressional phase. 
(b) Subsequent compressive deformation is concentrated in the 
areas that previously underwent maximum crustal thinning. This 
and the abundance of hydrous sedimentary material made these 
crustal sections significantly weaker than the relatively dry, thick, 
granulitic crust of the bordering areas. The anomalously high 
metamorphic temperatures recorded in the high-grade best suggest 
that the ultimate cause of metamorphism and deformation was 
external to the crust involving mantle lithosphere delamination 
(Harley, 1988; Stuwe and Powell, 1989; Sandiford, 1989). High 
crustal temperatures in the Rauer Block inhibited excessive crustal 
thickening; instead, horizontal compression of the Block was 
accommodated by extensional collapse at high crustal levels, 
resulting in the emplacement of material on the bordering 'stable' 
Vestfold Block. As a result, the Vestfold Block underwent prograde 
metamorphism during burial, with only limited internal deformation. 

correlated with an episode of sedimentation and a 
granulite facies tectono-metamorphic event in the nearby 
Rauer Islands. The restriction of Meso- to Neoproterozoic, 
high-grade, compressional events to areas characterized 
by a preceding extensional event is indicative of an 
extensional-compressional tectonic cycle (e.g. Etheridge 
et al., 1987). 

During the extensional phase, the addition to the 
upper crust of large volumes of hot tholeiitic magma 
probably raised regional geothermal gradients somewhat, 
and reflects a more fundamental thermal disturbance at 
the base of the crust, which may have involved an 
isostatic response leading to limited uplift of the Vestfold 
Block. Large volumes of Meso- to Neoproterozoic 
metasediment in the Rauer Islands and Larsemann Hills 
suggest that the opening of sedimentary basins in these 
areas coincided with crustal extension, heating, and 
possibly uplift, of the Vestfold Hills . In the 
metasedimentary terrains no evidence of early extensional 
structures has been reported, and only limited amounts 
of mafic intrusions occur close to the boundary with 
the Vestfold Hills (Harley, 1987; Stiiwe and Powell, 
1989). Therefore, these areas had a crustal architecture 
that was fundamentally different from that of the 
Vestfold Hills, implying an asymmetric arrangement of 
extensional structures. Such an arrangement can be 
explained by a model for asymmetrical extension of the 
lithosphere (Fig. 7.5a) as proposed by Wernicke (1985), 
Sandiford and Powell (1986), and Lister and Davis 
(1989). According to this model, the sedimentary basins 
(e.g. the Rauer Islands) would represent the areas of 
maximum crustal extension whereas the Vestfold Hills 
over lie the area of limited crustal extension but maximum 
mantle-lithospheric extension characterized by uplift, 
raised geotherrns, and the formation and emplacement of 
mafic magmas associated with adiabatic decompression 
of mantle material (Fig. 7.5a). Thus, asymmetric 
extension led to a juxtaposition of crustal elements with 
very different crustal structures. The rheological contrast 
between the Vestfold-type crust, dominated by dry 
granulite, and the Rauer-type crust, with relatively 
hydrous sediments overlying a thinned basement, set 
the stage for the concentration of crustal deformation 
during a subsequent compressional phase into the 
'weaker' of the two elements. 

During the 1000 Ma compressional phase the Vestfold 
Block underwent prograde burial of as much as 2-3 kbar 
(Figs. 7.4 and 7.5b). Related ductile thrusts in the block 
constrain the kinematics of the compressional event to a 
NE-directed, near-horizontal, shortening (Fig. 7.3c). 
However, the related bulk strain is far too small to 
explain burial solely as a result of internal deformation. 
Therefore, burial of the Vestfold Block must have 
involved tectonic loading due to the emplacement or 
overthrusting of an allochtonous terrain. From the Rauer 
Islands, Harley (1987, 1988) reported large scale upright 
folds with SE-plunging axes, which possibly formed late 
during decompression. These structures roughly indicate 
NE-directed near-horizontal shortening and may therefore 
be related to ductile thrusting in the Vestfold Block. 
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Prograde burial of the Vestfold Block coincided with 
isothermal decompression of the Rauer Islands (Fig. 7.4) 
which is thought to have resulted from extensional 
collapse of the crust after a period of crustal thickening 
in combination with prograde heating (Harley, 1988; 
Harley and Fitzsimons, 1991). Fitzsimons and Harley 
(1991) report recumbent collapse structures from the 
Brattstrand Bluffs (Fig. 7.1 ), southwest of the Rauer Islands, 
but the exact kinematic con text of theses tructures remains 
unclear. The limited horizontal compression recorded in 
the Vestfold Block, in combination with its burial history, 
suggests that extensional collapse of the Rauer Block was 
accommodated in the upper crust via the emplacement 
of (NE-directed ?) gravity-driven nappes on top of the 
Vestfold Block (Fig. 7.5b). 

We conclude that the Vestfold Block was virtually 
unaffected by the primary crustal thickening events that 
dominated the metasedimentary rocks in the high-grade 
belt, due to lithological differences and crustal (thermal) 
structure. Instead, burial of the Vestfold Block was 
related to secondary crustal thickening due to extensional 
collapse of the upper crust in the high-grade belt resulting 
in overthrusting of the peripheral areas. 

An immediate implication of the model presented in 
Figure 7.5b is the presence of a crustal scale tectonic 
contact between the Vestfold Hills and the Rauer Islands. 
Although such a structure is not exposed, it is interesting 
to note the presence of a deep trough under the Sersdal 
Glacier (Fig. 7.1), as reported by Wellman and Williams 
(1982). Under the glacier, the rock surface is at a depth of 
-800 m, whereas the topography in the surrounding 

area, including the Vestfold Hills, is between +150 and-
300m (Wellman and Williams, 1982). 

7.8 Conclusions 

The Meso- to Neoproterozoic tectonic history of the Prydz 
Bay area can be imagined in terms of a tectonic cycle of at 
least 250 Ma, which comprises an early extensional phase 
(pre- 1250 Ma) and a later compressional phase (around 
1000 Ma). During the E-directed extensional phase the 
Vestfold Hills were intruded by large volumes of mafic 
dykes whereas sedimentary basins are inferred to the east 
and southeast. Such an arrangement can be explained 
with a Wernicke (1985) model for asymmetrical 
lithospheric thinning, in which the Vestfold Hills overlie 
the area of minimum mantle-lithospheric thickness. The 
sedimentary basins occur in a belt characterized by 
minimum crustal thicknesses, and are the areas where a 
subsequent phase of compressive crustal deformation is 
concentrated. 

During the NE-directed compressional phase, around 
1000 Ma, most deformation occurred south of the Vestfold 
Hills in the high-grade Rauer Islands (the site of previously 
thinned crust and a sedimentary basin) . During this 
event, isothermal uplift of the Rauer Block was coeval 
with prograde burial of the Vestfold Block of 2-3 kbar, in 
which internal deformation was limited. These 
observations can be explained in a model in which 
simultaneous crustal thickening and heating of the Rauer 
Block resulted in thermal collapse of the upper crust 
which in tum led to the NE-directed emplacement of 
gravity-driven nappes on top of the Vestfold Block. 



I 0 I 

Chapter 8 

Continental mafic dyke swarms as tectonic indicators 1 

8.1 Abstract 

The two main types of magma that were emplaced as 
mafic dyke swarms in the Vestfold Hills are high-Mg 
tholeiite (HMT) and Pe-rich tholeiite (FRT). The former 
magma type is less dense than the Vestfold Hills felsic 
crust, whereas the latter is more dense at deep to 
intermediate crustal levels. Therefore, FRT dyke 
emplacement requires a higher deviatoric extensional 
stress, as is reflected in a more constant orientation. 
Paleoproterozoic HMT-FRT bimodal dyke swarms were 
emplaced around 2.4 Ga and 2240 Ma. 2 The geometry and 
orientation of2240 Ma HMT dykes imply a low deviatoric 
extensional stress field, inconsistent with a mantle plume 
origin for magmatism. Current petrogenetic models for 
HMT magmatism suggest generation at active 
(convergent) plate boundaries. Although this is broadly 
consistent with emplacement of the bimodal dyke swarms 
subsequent to a crustal thickening event at 2.5 Ga, the 
exact mechanisms for melting and the generation of 
crustal extensional stress are unknown. A possible 
scenario involves the sinking of gravitationally unstable 
oceanic crust. 

A major Mesoproterozoic magmatic-extensional event 
in the Vestfold Hills started with normal faulting, followed 
by lamprophyric dyke emplacement and by two distinct 
episodes of FRT dyke emplacement at 1380 and 1245 Ma. 
A consistent direction of the stress field during this event 
suggests control of a linear belt of crustal uplift. By 
comparison with other mafic dyke swarms, this is 
interpreted to be due to a sheet of upwelling asthenosphere 
(elongated plume) around 1.4 Ga, rather than a low-angle 
detachment. This upwelling led to thermal erosion of the 
base of the lithosphere that channelled a subsequent 
magma pulse at 1245 Ma. Erosion during a long period of 
uplift prior to 1380 Ma was followed by sedimentation 
during thermal subsidence, as suggested by segmentation 
of 1245 Ma dykes. 

The lithospheric structure inherited from the 
Mesoproterozoic magma tic-extensional event was 
probably reactivated during two high-grade tectono
metamorphic events around 1.0 and 0.5 Ga. The Vestfold 
Hills formed part of a relatively stable craton, peripheral 
to the mobile belt that was formed during these events. 

8.2 Introduction 

The Vestfold Hills represent one of several known 
Archaean crustal fragments in the East Antarctic Shield 
(Fig. 8.1a and b; Blacket al., 1992). The terrain was affected 
by a high-grade tectono-metamorphic event at the close of 
the Archaean, around 2.5 Ga (Black et al., 1991b). The 
subsequent Proterozoic evolution of the Vestfold Hills is 
characterized by the emplacement of several mafic dyke 
swarms and repeated brittle and ductile deformation on 
isolated shear zones (e .g. Passchier et al., 1991). The 
Vestfold Hills were part of a relatively stable craton 
peripheral to a major high-grade mobile belt that 
encompasses most of the East Antarctic coastal 
exposures (e.g. Dirks and Wilson, in press; Groenewald et 
al., in press) and many other parts of a Proterozoic 
Gondwanaland (e.g. Kriegsman, in press). This belt is 
characterized by metamorphism at amphibolite to 
granulite facies conditions, intense ductile deformation, 
and felsic magmatism around 1.0 and 0.5 Ga. The relative 
importance of these two events in East Antarctica is 
currently the subject of considerable debate (e.g. Dirks et 
al., in press; Jacobs et al., in press). In general, Proterozoic 
tectonic models for East Antarctica are based on evidence 
from high-grade terrains, constraining the P-T -time 
paths of the ' convergent' stages of Proterozoic crustal 
evolution(e.g. Harley, 1989). However, there are several 
reasons why the analysis of the Proterozoic evolution 
of relatively stable cratons such as the Vestfold Hills can 
significantly add to our understanding of Proterozoic 
tectonic mechanisms. For example, in Australia and Africa 
it has been well documented that Proterozoic mobile belts 
are the convergent reactivation of a pre-existing 'belt' of 
intra-cratonic extension (e.g. Kroner, 1981; Etheridgeet al., 
1987). This is apparently also the case in the mobile belt 
that is exposed along the Prydz Bay coast, immediately to 
the southwest of the Vestfold Hills (Fig. 8.1a), which is 
dominated over a large area by metasediments that were 
deposited during the Mesoproterozoic (Sheraton et al., 
1984). This reactivation suggests that the location (and 
possibly the driving mechanism) of the convergent stage 
may be determined by the effect of the early extensional 
event on the thermal and mechanical structure of the 
lithosphere. Whereas in the high-grade mobile belts 

1 Chapter 8 is accepted for publication as: Hoek, J.D. and Seitz, H.-M. (in press) . Continental dyke swarms as tectonic indicators: An 
example from the Vestfold Hils, EastAntarctica. /n:Dirks, P.H.G.M., Hoek, J.D. and Passchier, C.W. (editors.), TectonicsofEastAntarctica. 
Precambrian Research. 
2 Ages of geological events are referred to either in Ma or in Ga, depending on the accuracy with which a given event has been dated. Events 
that have been dated with an accuracy in the order of 1-10 Ma are referred to in Ma, whereas events that have been dated with an accuracy 
in the order of 100 Ma are referred to in Ga. 
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Fig. 8.1 
(a) Location map showing the position of the Vestfold Hills in Antarctica, together with other Proterozoic mafic dyke occurrences (Sheraton 
eta/., 1987), and the position of the Vestfold Hills relative to exposures in the mobile belt along the Prydz Bay coast (Hoek eta/., 1992). 
NP: Napier Complex; BH: Bunger Hills; PCM: southern Prince Charles Mountains; WI: Windmill Islands; 1: eastern limit of extensive 
recrystallization in Vestfold Hills dykes; 2: western limit of Archaean basement in the Rauer Islands (Kinny eta/., 1993). (b) The basement 
geology of the Vestfold Hills, after Sheraton and Collerson, (1983) and Black eta/., (1991 b). (c-h) Maps showing distribution and geometry 
of mafic dyke swarms of the Vestfold Hills. Maps of the 2.4 Ga and 1754 Ma swarms are based on air photo interpretation and field work 
by H.-M. Seitz and J.D. Hoek. The map for the 2240 Ma norite complex and associated dykes is based on Seitz (1991, 1994), Hoek (1991) 
and Passchier eta/. (1991 ). The 1.4-1.2 Ga, 1380 Ma, and 1245 Ma swarms are shown for the Lichen Valley area (for location see inset 
in (e)), based on Passchier eta/. (1991). 

evidence for early extensional tectonism has been largely 
erased, neighbouring cratonic areas may retain a 
complete Proterozoic record oftectonic events (Passchier 
et al., 1990, 1991; Hoek et al., 1992 (Chapter 7); Dirks et al., 
1994). 

This paper concentrates on the larger scale tectonic 
and geodynamic constraints that can be derived from 
structural and geochemical investigations of Proterozoic 
mafic dyke swarms from the Vestfold Hills. Geochemical 
and petrogenetic data lead to estimates for the depth and 
temperature of magma generation, and for the depth of 
dyke emplacement, constraining the thermal, baric, and 
compositional evolution of the Vestfold Hills lithosphere. 
A structural analysis of the dyke swarms, their 
emplacement mechanism, geometry, and cross-cutting 
relationships, in combination with information on the 
density contrast between the various magma types and 
the Vestfold Hills lithosphere, constrain the crustal state 
of stress during dyke emplacement. 

The structural and magmatic history of the Vestfold 
Hills crust is essentially similar to many other Precambrian 
granulite terrains, such as the Lewis ian in Scotland (Tarney 
and Weaver, 1987) and parts of the Canadian Shield (e.g. 
Fahrig, 1987). 

8.3 Geological setting, chronology and 
geometry of mafic dyke swarms 

The large-scale basement structure of the Vestfold Hills 
(Fig. 8.lb; mean strike of the gneissic foliation is 70° 
in the northern Vestfold Hills, with mean dip 85° to S), 
was essentially formed during a 2.5 Ga tectono
metamorphic event (Black et al., 1991b) that reached 
peak metamorphic conditions of 700-1000 °C and 0.7-1.0 

GPa (7-10 kbar) (Collerson and Sheraton, 1986b; Harley, 
1989). The volumetrically dominant units, the Mossel 
Gneiss and the Crooked Lake Gneiss (Sheraton and 
Collerson, 1983; Blacketal., 1991b)wereemplacedduring 
this event. The Chelnock Supracrustals and the 
volumetrically minor Tryne Metavolcanics may be 
considerably older than 2.5 Ga (Sheraton and Collerson, 
1983). Rapid uplift after this event is indicated by the 
emplacement of felsic dykes (Black et al., 1991b). A 
metamorphic event around 1.0 Ga (Black et al., 1991b) 
reached conditions 600-800 °C and 0.6-0.8 GPa in the 
Vestfold Hills (e.g. Collerson and Sheraton, 1986b). This 
event was coeval with limited ductile thrusting on 
isola ted mylonitic shear zones (Passchier eta/., 1991 ), and 
has been related to the major granulite facies tectono
metamorphic event that shaped the neighbouring 
mobile belt (Collerson et al., 1983). In the southwestern 
part of the Vestfold Hills, at 10-15 km from the nearest 
outcrop in the Rauer Islands (Fig. 8.1a), this event led to 
extensive recrystallization and mild sinistral shearing of 
the mafic dykes, and local emplacement of pegmatites 
(Dirks et al., 1994). Between the 2.5 and 1.0 Ga tectono
metamorphic events, mafic dykes were emplaced into the 
Vestfold Hills crust during five distinct magmatic 
episodes. 

The first magmatic episode led to the emplacement of 
a roughly E-trending, bimodal mafic dyke swarm, 
consisting of group 1 high-Mg tholeiitic (HMT) dykes and 
group 1 Fe-rich tholeiitic (FRT) dykes (Fig. 8.lc; Sheraton 
and Collerson, 1983; Kuehner, 1989). Similar orientation 
and dyke-fracture geometries and a similar age 
relative to other structures suggest that the two types of 
dykes may have been emplaced contemporaneously. 
The HMT compositions dominate this swarm in the 
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northern Vestfold Hills, and our data suggest that FRT 
compositions are more frequent in the southern Vestfold 
Hills. These dykes are near-vertical with widths commonly 
in the range 10-30 m, occasionally up to 50 m. The dyke 
fracture system is irregular, with frequent bifurcation, the 
mean strike is 76°, and the mean dip is 80° toN. The 
d ykes are roughly parallel to the main tectonic layering 
(Fig. 8.1b and c), and locally intruded partly parallel to the 
host-rock gneissic layering (cf Fig. 3.9). The roughly N
directed crustal extension accommodated by this dyke 
swarm is -0.5% for the entire Vestfold Hills. Dykes of this 
swarm have not been successfully dated by U-Pb zircon 
techniques. A Rb-Sr whole-rock isochron for the Vestfold 
Hills HMT dykes of groups 1,2, and 3 (see below; Kuehner, 
1989), produced an age of 2424 ± 72 Ma (Collerson and 
Sheraton, 1986a). A virtually identical bimodal dyke 
swarm, with the HMT dykes giving a Rb-Sr whole rock 
isochron age of 2350 ± 48 Ma, was emplaced in the Napier 
Complex (Fig. 8.1a; Sheraton and Black, 1981). The age of 
theE-trending bimodal dyke swarm of the Vestfold Hills 
will be referred to as 2.4 Ga. 

The second magmatic episode led to the 
emplacement of a norite complex and associated HMT 
dykes (Fig. 8.1d). The norite complex, confined to Long 
Peninsula (Fig.1b), consists of pod-like segments of 
several km long and locally over 100 m wide, the 
bulk of which was emplaced as group 2 HMT magmas 
(Fig. 8.1d, inset; Seitz, 1991; Hoek, 1991 (Chapter 3)). N
trending HMT dykes of the same group occur 
throughout the Vestfold Hills. These are thin ( < 1 m) on 
Long Peninsula, but much wider, up to 20m, on Broad and 
Mule Peninsula. Locally, they have a sinuous geometry 
and bifurcate. Group 2a HMT magmas were emplaced as 
the last stage of magma injection into the norite complex 
(Seitz, 1991). Some of these late norite bodies grade into 
approximately NE-trending, sub-vertical dykes, 
commonly 1-2m wide, and with a characteristic zigzag 
geometry with curved dyke-segments (Fig. 8.1d, inset; 
Seitz, 1991; Hoek, 1991 (§ 3.7)) . Group 3 HMT dykes of 1-
2 m wide, with local zigzag geometry, and with a NW 
strike and a dip of 15-60° to SW occur to theSE of the 
no rite complex (Passchier eta/., 1991) and are also present 
on Broad Peninsula. HMT dykes of groups 2, 2a, and 3, all 
cross-cut the group 1 HMT and group 1 FRT dykes. Cross
cutting relationships between groups 2 or 2a HMT dykes 
with group 3 HMT dykes have not been observed. U-Pb 
zircon dating gave ages of2241 ±4 Ma and 2238±7Ma 
for two generations of norite (Lanyon et al., 1993). 

Kuehner (1986, 1989) reported the occurrence of FRT 
dykes that post-date theE-trending HMT and FRT dykes. 
The authors are not familiar with these dykes as these are 
apparently uncommon on east and central Long Peninsula 
where the most extensive fieldwork was carried out. On 
the basis of available evidence, such dykes are placed 
within the second magmatic episode, and refer to them as 
2.2 Ga FRT dykes. There is no isotopic age for these dykes 
and structural information is lacking. 

The third magmatic episode led to the emplacement 
of a NW-trending, FRT dyke swarm of near-vertical dykes 
of generally 10-30 m wide (Fig. 8.1e) . U-Pb zircon dating 

of an individual dyke indicates emplacement around 
1754 ± 16 Ma (Lanyon et al. , 1993). Emplacement of this 
dyke swarm accommodated a NE-directed extension of 
-1%. 

The fourth magma tic episode led to the emplacement 
of aN-trending FRT dyke swarm (Fig. 8.1g, mean strike 
13°, mean dip 89° to E) . A U-Pb zircon age for one dyke 
indicates emplacement at 1380 ± 7 Ma (Lanyon et al., 
1993). These dykes are commonly 5-20 m wide, but 
widths up to 25m occur. The estimated total E-directed 
crustal extension accommodated by this swarm is -3%. 

The fifth magmatic episode led to the emplacement 
of the densest dyke swarm of the Vestfold Hills (Fig. 
8.1h, mean strike 198°, mean dip 82° toW). These FRT 
dykes are sub-vertical and strike between 15 and 25°, with 
a width commonly between 1 and 15m, rarely up to 25m. 
The estimated accommodated crustal extension is 5-
10%. Whereas on Long Peninsula there is a progressive 
anti-clockwise rotation (i .e. the latest dykes are most 
nearly parallel to the 1380 Ma FRT dykes), progressive 
rotation is essentially clockwise on Mule Peninsula (Dirks 
et al ., 1994). U-Pb zircon ages for two individual 
dykes are 1248±4Ma (Black eta/., 1991a) and 1241 ±SMa 
(Lanyon et a/ .,1993), implying emplacement around 
1245 Ma, and a duration of the last magmatic event in 
the Vestfold Hills of perhaps several million years (cf. 
LeCherninant and Heaman, 1989; Hooper, 1990). 

In addition to Fe-rich tholeiites, alkaline and 
ultramafic lamprophyric dykes were emplaced during 
the fourth and fifth episode. Lamprophyric dykes are 
generally less than 1 m wide and near-vertical (Fig. 8.1f, 
mean strike 13°, mean dip 89° to E). Locally, the 
lamprophyric dykes from the Vestfold Hills widen into 
sub-vertical pipes of 2-5 m wide that may carry 
numerous felsic and ultramafic xenoliths (Seitz, 1991; 
Mikhalsky et al., 1992). The estimated crustal extension 
accommodated by the lamprophyric dykes is -0.1-0.3%. 
Whereas most observed intersections indicate 
emplacement prior to the 1380 Ma tholeiites (Kuehner, 
1987; Seitz, 1991), a single lamprophyric dyke cross-cuts 
two NNE-trending FRT dykes. In the southern Vestfold 
Hills, all observed lamprophyres were affected by the 1.0 
Ga metamorphic event. These observations suggest that 
most lamprophyres were emplaced around 1.4 Ga, prior 
to the 1380 Ma FRT dykes, and that some were emplaced 
contemporaneous with, or later than, the 1245 Ma FRT 
dykes (Kuehner, 1987; Seitz,1991). 

8.4 Geochemistry and petrogenetic constraints 

High-Mg Tholeiites 

Common characteristics of all high-Mg tholeiites of the 
Vestfold Hills are high Si02 (52-57wt%) and MgO (7-19 
wt%), low Ti0

2 
(0.38-0.74 wt%), and enrichments in 

platinum group elements (PGE) and gold (Table 8.1, p. 
114; Seitz, 1991). Compositions vary from olivine 
normative (9.1 wt%) to quartz normative (10.8 wt%). All 
high-Mg tholeiites are enriched in LILE (Ba, Rb, K) and 
LREE relative to the high-field strength elements (Nb, Ti). 
All groups (see below) exhibit pronounced negative 
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Fig. 8.2 
(a) Incompatible element 'spidergrams' of high-Mg tholeiites from 
the Vestfold Hills, distinguishing between groups 1, 1 a, 2, 2a, and 
3. Data are normalized to primitive mantle after Sun and McDonough 
(1989). (b) Idem for Fe-rich tholeiites. (c) Chondrite normalized 
REE patterns for several lamprophyres (Masuda eta/. 1973; Taylor 
and Gorton, 1977) . 

anomalies in Nb, P and Ti, when normalized against 
'primitive mantle' (Sun et al., 1989). The negative Nb 
anomaly is a feature common to many continental 
tholeiites (e.g. Dupuy and Dostal, 1984) and most 
Proterozoic dyke swarms (Tamey, 1992). 

Within the high-Mg tholeiites, three main groups 
are distinguished on the basis of phenocryst 
assemblages and incompatible trace element ratios 
(Fig. 8.2a; Kuehner, 1989; Seitz, 1991, 1994). Group 1 (the 
E-trending 2.4 Ga HMT dykes) is olivine- and 
orthopyroxene-phyric and is characterized by the absence 
of a negative Sr anomaly, whereas groups 2 and 3 are 
solely orthopyroxene-phyric and show a distinct negative 
Sr anomaly. Group 2 (thenorite complex, the NE-trending 
zigzag dykes, and the N-trending dykes), is further 
characterized by Rb-enrichment relative to Ba and K and 
HMT. Group 3 (the NW-trending, dipping dykes) is 
characterized by the lack of Rb-enrichment. 

Uniform PGE abundances in all HMT groups from 
the Vestfold Hills (Seitz, 1991), and near-identical trace 
element characteristics and initial 87Sr j 86Sr in the High
Mg tholeiites from the Napier Complex (Collerson and 
Sheraton, 1986a), imply that the trace element 
characteristics of the high-Mg tholeiites (Nb, P, Ti and Sr 
depletions, enrichment in LILE) are due to 
enrichment of the mantle source prior to magma 
extraction, rather than to enrichment of the magma by 
assimilation of granitic crustal material. Seitz (1991) has 
shown that combined crustal assimilation and fractional 
crystallization (AFC) processes using basement gneiss 
compositions and observed phenocryst assemblages is 
inconsistent with variation within and between the HMT 
groups, except for variation within group 1. Hence, the 
geochemical characteristics of the different HMT groups 
are interpreted as signatures of either at least two 
different mantle sources, or of a highly heterogeneous 
mantle source (Seitz, 1991) 

The pressure of melting of HMT group 1 was 
estimated by Kuehner (1989) as -1.0 GPa. Seitz 
(1991, 1994) estimated thepressureofemplacementfor 
a HMT group 1 dyke as maximum 0.5 Gpa to possibly as 
low as 0.15 GPa, and calculated a magma emplacement 
temperature of -1250 °C. Harley and Christie (1991) 
estimated an emplacement pressure of -0.45 GPa for the 
group 2a intrusives in the no rite complex. The presence of 
a magma chamber below the norite complex is suggested 
by the semi-circular shape of the complex, reminiscent of 
a ring-dyke, and by the presence of cognate cumulate 
nodules that were entrained by group 2a magmas. 

Fe-rich Tholeiites 

Based on petrographical and geochemical features, 
Kuehner (1986) distinguished three groups within 
the Pe-rich tholeiites that pre-date the 1754 Ma FRT 
dykes. FRT group 1 (High-Ti group of Kuehner, 1989) 
comprises theE-trending FRT dykes, which are cross-cut 
byHMTgroup2,2aand3dykes. FRTgroups2and3(low
Ti and plagioclase megacryst bearing groups of Kuehner, 
1989) postdate all HMT groups (Kuehner, 1989). Major 
and trace element variations between FRT groups 1 and 2 
permit a genetic relationship by fractional crystallization 
(Kuehner, 1986). In the light ofthe new U-Pb zircon age of 
2240 Ma for the HMT group 2, such a relationship would 
imply that the Paleoproterozoic HMT and FRT magmatism 
occurred during a single magmatic episode around 2240 
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Ma. To explain the relative enrichment in P, LREE and Zr 
and depletion of Ti02 (Fig. 8.2b) in FRT group 2, Kuehner 
(1986) suggested open-system fractionation . Group 3 
could not be related to groups 1 and 2 by fractional 
crystallization of the observed phenocryst assemblages 
(Kuehner, 1986). However, it was suggested that 
incompatible trace element and REE patterns, with the 
exception of K and Rb, indicate a common parental liquid 
for FRT groups 2 and 3. The differences in major element 
compositions and the similarities in trace elements were 
interpreted as the result of different P-T differentiation 
paths, involving differentiation around 1.0 GPa for 
group 3, and differentiation at somewhat higher 
pressures for groups 1 and 2 (Kuehner, 1986). 

Compared with the high-Mg tholeiites, the 
Paleoproterozoic Fe-rich tholeiites are notably less 
siliceous, and cannot be derived from the high-Mg 
tholeiites by simple crystal fractionation. Unfractionated 
LREE/HREE ratios of the most mafic FRT group 2 samples 
led Kuehner (1986) to suggest that the primary liquid to 
the FRT suite was derived from a primitive mantle 
source, which had not experienced previous melting or 
enrichment events. This contrasts with the LREE
enrichment nature of the high-Mg tholeiites and indicates 
that these separate Paleoproterozoic tholeiitic suites 
cannot be derived from a single mantle source. 

The NW-trending, 1754 Ma FRT dykes exhibit a wide 
compositional range from moderately to relatively more 
evolved members (Seitz, 1991; Table 8.1). They can be 
distinguished from the older Fe-rich tholeiites by their 
higher Ti02 content and by their higher Ba/Rb ratios 
(Table 8.1; Fig. 8.2b). Pronounced negative Nb and Sr
anomalies are characteristics shared with both older and 
younger Fe-rich tholeiites (Fig. 8.2b). Collerson and 
Sheraton (1986a) concluded on the basis of trace element 
characteristics that, compared to the younger Fe-rich 
tholeiites, the parent magmas of the 1754 Ma Fe-rich 
tholeiites were formed by relatively low degrees of 
melting of a relatively LILE-enriched mantle source. 

The Fe-rich tholeiites belonging to the fourth 
and fifth magmatic event in the Vestfold Hills have 
virtually identical geochemical characteristics, including 
a rather wide compositional range (Kuehner,1986; Table 
8.1). The 1380 Ma Fe-rich tholeiites have higher 
average normalized trace element abundances but both 
swarms exhibit pronounced negative Nb, Sr, P and Ti 
anomalies (Fig. 8.2b ). Kuehner (1986) carried out a detailed 
study of the geochemical and cross-cutting relationships 
of theN- to NNE-trending FRT dykes, which, at the time, 
were assumed to have been emplaced during a single 
magmatic episode with a Rb-Sr whole-rock isochron age 
of1374±125Ma (CollersonandSheraton,1986a). Kuehner 
(1986) distinguished 9 groups and showed that, whereas 
the major elements variations between these groups are 
consistent with crystal fractionation of observed 
phenocryst phases, trace element and REE variations 
require a more complex differentiation processes. Based 
on slight REE differences between the 9 groups, Kuehner 
(1986) suggested the involvement of two separate 
mantle sources. He further pointed out that the cyclic 

variation in trace element concentrations can be 
explained by magma chamber processes involving 
periodic replenishment, periodic tapping, and crystal 
fractionation (O'Hara and Mathews, 1981). Kuehner 
(1986) noted that apparent evolutionary trends between 
the 9 groups are inconsistent with cross-cutting 
relationships, as dramatically confirmed by recent 
dating (Lanyon et al ., 1993) which has revealed an 
age difference of -140 Ma between dykes that appear 
to be related on the basis of geochemical evidence alone. 

Estimates by Kuehner (1986,1992) for the emplacement 
temperature of the FRT dykes are 1120-1160 °C. Kuehner 
(1992) reproduced the phenocryst assemblage for a margin 
sample of one of these FRT dykes experimentally at 0.45 
GPa. However, subsequent work by Seitz (1994) has 
indicated that phenocryst assemblages of margin samples 
record pressures higher than the emplacement pressure, 
suggesting that the dyke studied by Kuehner was 
emplaced at a pressure lower than -0.45 GPa (cf § 5.3.2). 

Lamprophyres 

Lamprophyric dykes are subdivided in ultramafic and 
alkaline compositions (Table 8.1; Seitz, 1991; Rock, 1987). 

Seitz (1991) interpreted the enrichment of LREE 
relatively to HREE of the lamprophyric magmas, 
together with variations in REE from the primitive to 
more evolved compositions, as indicative of their 
generation by small degrees of partial melting of a 
geochemically heterogeneous, garnet-bearing mantle 
source (Fig. 8.2c). This conclusion is supported by reported 
rare occurrences of garnet lherzolite xenoliths, entrained 
in lamprophyric pipes (Mikhalsky et al., 1992). 

Coexisting clinopyroxene and orthopyroxene 
phenocrysts from chilled margins in olivine-poor dykes 
indicate magma emplacement temperatures between 
1100 and 1200 oc (Seitz, 1991). The relatively primitive 
nature of the emplaced lamprophyric magmas, together 
with the entrainment of mantle xenoliths, imply direct 
transport from the site of melting, at pressures greater 
than 2.6 GPa, as indicated by the evidence for residual 
garnet in the source (Duncan and Green, 1987). 

8.5 Emplacement mechanism and structural 
constraints 

The dilation of virtually all Vestfold Hills dykes is normal 
to the dyke-fracture system, implying that propagation 
occurred in the plane normal to the least compressive 
principal stress, cr3 (Pollard, 1987; Chapter 3). Because 
dykes propagate normal to cr3, vertical dykes can only be 
formed when cr3 is horizontal, i.e. when the crustal state of 
stress is extensional. Another general requirement for 
dyke propagation is that the magma pressure P m 

exceeds the minimum principal stress, i.e. that the 
driving pressure~= (P m -cr3) > 0 (§ 2.2.2). An estimate 
for the average driving pressure for some of the 1380 
and 1245 Ma FRT dykes, based on linear elastic fracture 
mechanics, is -40 MPa (§ 4.4.4). 

Dykes propagate preferentially in the direction of 
increasing driving pressure (e.g . Pollard, 1976; Lister and 
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Fig. 8.3 Effect of density contrast between magma and crust on 
the direction of dyke propagation from a magma chamber at the 
crust-mantle boundary. Vertical axis is lithostatic pressure or depth. 
(a) Positive buoyancy. (b) Neutral buoyancy. (c) Emplacement 
along level of neutral buoyancy (LNB). 

Kerr, 1991) . Driving pressure gradients can result 
from: [1] a gradient in tectonic stress; [2] a difference 
between the lithostatic pressure gradient of the host-rock 
and the hydrostatic gradient in the magma, i.e. from a 
density contrast between magma and host-rock; or [3] a 
gradient in magma pressure due to viscous flow resistance 
(§ 2.4.1). In the absence of tectonic stress gradients, the 
local density contrast between magma and host-rock 
determines the dyke propagation direction (Lister and 
Kerr, 1991; Nakashima, 1993). Three cases are important 
for the emplacement of mafic dykes in continental 
lithosphere. Magma and crustal density are Pm and Pc' 
respectively. First, for a positively buoyant magma, i.e 
when Pm < Pc' the vertical hydrostatic pressure gradient 
in the magma, dP ml dz, decreases at a lower rate than 
the crustallithostatic pressure gradient, dPL/ dz. Thus, 
the driving pressure increases with upward propagation 
from the base of the dyke, resulting in preferentially 
upward propagation (Fig. 8.3a). Second, for a neutrally 
buoyant magma, with Pm = Pc' propagation is radially 
outward (Fig. 8.3b). Third, a magma that has risen to 
a level in the lithosphere where its density is 
intermediate between that of the upper and lower part 
is said to be at its level of neutral buoyancy (LNB). From 
here, dykes will tend to propagate laterally, with a 
vertical dyke dimension that is dependent upon, but 
much smaller than, the horizontal dimension (Fig. 8.3c; 
Lister and Kerr, 1991). 

Crust and magma densities 

Figure 8.4 shows the densities of high-Mg tholeiitic, Pe
rich tholeiitic, alkaline lamprophyric, and ultramafic 
lamprophyric magmas from the Vestfold Hills, 
calculated from average major element oxide 
compositions (Seitz, 1991) after Herzberg (1987), 
together with the estimated density structure of the 
Proterozoic Vestfold Hills lithosphere for a low 
geothermal gradient of 400 °C/GPa, representative for 
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Fig. 8.4 Density as a function of pressure for average magma 
compositions (dashed lines) and a Veslfold Hills model lithosphere 
(solid lines). HMT magma temperature= 1270 •c; FAT magma 
temperature = 1130 •c; AL: alkaline lamprophyric magma at 1150 
•c ; UML: ultramafic lamprophyric magma at1150 •c . Error bounds, 
shown as shaded bands for HMT, FAT, and UML, are due to 
uncertainties in the expansion and compressibility data and to 
the averaging technique for the bulk elastic compressibility 
(Herzberg, 1987). The model lithosphere consists of: a felsic crust 
composed of 13% quartz, 7 4% plagioclase, 5% orthopyroxene, 2% 
clinopyroxene, 4% biotite, 1% hornblende, and 1% magnetite, 
down to 0.8 GPa; a mafic layer composed of 50% plagioclase, 40% 
clinopyroxene and 10% orthopyroxene between 0.8 and 1.2 GPa; 
a lherzolite layer composed of 62% olivine, 32% orthopyroxene, 5% 
clinopyroxene, and 1% spinel between 1.2 and 1.8 GPa; and below 
this a harzburgite layer, composed of 64% olivine, 35% 
orthopyroxene, and 1% spinel. Geothermal gradients are 400 •ct 
GPa (1) and 800 •ctGPa (2). Density is calculated as a function of 
pressure and temperature using experimental single-crystal data 
for density at at atmospheric conditions (Johnson and Olhoeft, 
1982; App. A, Table A.1 ), thermal expansion at atmospheric 
pressure (Skinner, 1966), isothermal compressibility with pressure 
and temperature derivatives, where available (Sumino and 
Anderson, 1982; App. A, Table A.1 ). Rock elastic parameters are 
calculated using Voight-Reuss-Hill aggregate estimates (App. A; 
Watt eta/., 1976). 

the lithosphere thermal structure around 1.4 Ga (Seitz 
and Hoek, unpublished data) and for a high geothermal 
gradient of 800 °C/GPa. The composition of ultramafic 
xenoliths, transported by 1.4 Ga lamprophyres, is used 
as a model for the Vestfold Hills mantle lithosphere, and 
an average gneiss composition as a modelforthe felsic 
crust. In addition, the presence of an intermediate layer of 
mafic composition is assumed. The successive Proterozoic 
magmatic events are likely to have involved a change in 
the lithosphere composition. Figure 8.4 indicates that 
the HMT magmas may have been positively buoyant 
throughout the felsic part of the Vestfold Hills crust. In 
contrast, the FRT magmas are negatively buoyant in 
felsic crust at pressures greater than 0.3-0.5 GPa. The 
ultramafic lamprophyric magmas are negatively 
buoyant throughout the felsic crust, especially when 
the effect of volatiles(::; 5 wt% H 20 and::; 3 wt% C02) 

is taken into account (Fig. 8.5; Spera, 1984). Figure 
8.5 shows the driving pressure distributions for the 
three magma types, assuming the magma pressure to 
be approximately equal to the lithostatic pressure at 
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Fig. 8.5 Vertical driving pressure distributions of Vestfold Hills magma types as a function of lithostatic pressure for model Vestfold Hills 
lithosphere. 
(a) FRT and HMT magmas, with a magma chamber at 1.0 GPa, in felsic crust. 1: geothermal gradient of 400 •cJGPa. 2: geothermal gradient 
of 800 •cJGPa. (b) Ultramafic lamprophyric magma (UML), carrying 30% ultramafic xenoliths, in felsic-ultramafic lithosphere with a 
geothermal gradient of 400 •C/Gpa. 3: melt generation at 2.6 GPa. 4: as (3), including a viscous pressure drop based on laminar flow(§ 
2.4.1) using the following parameters: channel width= 2m; flow velocity 1 m/s; viscosity= 500 Pa.s. 5: as (4), but for melting at 2.0 GPa. 
6: as (3), including the schematic effect of high volatile content during decompression (cf. Spera, 1984). 

the estimated depth of a magma chamber for the 
evolved tholeiites, and at the estimated depth of 
initial melting for the lamprophyres, and assuming a 
hydrostatic pressure distribution in a hypothetical 
vertical magma column. 

Emplacement of linear dyke swarms 

The dense, xenolith laden magmas in the lamprophyric 
pipes were certainly emplaced by vertically upward 
propagation (Seitz and Hoek, unpublished data). The 
segmented fracture geometry of many of the 1245 Ma FRT 
dykes, with offsets at the intersections with pre-existing 
dykes, implies that magma flow can only have taken place 
in a vertical direction (cf Figs. 3.13 and 4.14), effectively 
ruling out lateral emplacement for at least some of the 
1245 Ma FRT dykes. On the other hand, many FRT dykes 
from the Vestfold Hills, including virtually all 1380 Ma 
dykes are unsegmented. For these dykes, the direction of 
propagation and magma flow are unconstrained. It is 
proposed that upward propagation of dense, negatively 
buoyant magmas occurs due to a vertical gradient in 
extensional tectonic stress in the lithosphere and 
that such a gradient is developed during, and as a 
result of, the emplacement of the dyke swarm (see 
below) . Models that neglect tectonic stress gradients 

(e.g . Lister and Kerr, 1991; Nakashima, 1993) apply to 
the emplacement of a single dyke, but not to the 
emplacement of a dyke swarm composed of numerous 
parallel dykes (cf Section 4.4). 

Crustal stress field 

The emplacement of a dyke partly relaxes the pre-existing 
crustal stress field as an increment of elastic strain is 
replaced with an increment of permanent strain, associated 
with the dilation of the dyke. Thus, dykes, like any other 
deformation structure, tend to restore the deviatoric state 
of stress that led to their formation to an isotropic state of 
stress. Hence, the emplacement of a swarm of parallel 
dykes requires that the extensional stress is continuously 
re-applied, i.e. that the stress field is renewable. The 
following mechanisms are capable of generating forces 
that give rise to a renewable extensional stress in the 
lithosphere (Bott and Kusznir, 1984): [1] isostatic uplift as 
a result of over-thickened crust; [2] isostatic uplift due to 
upwelling hot asthenosphere and/ or thinned 
lithosphere; or [3] subduction-related plate boundary 
forces such as currently occur in back-arc settings, and in 
the past may have dominated in continents that were 
surrounded by subduction zones (Zoback et al., 1989; Bott, 
1992). 
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(a) Strength of the continental crust, after Kusznir (1991 ). An constant extensional force applied to the lithosphere gives rise to an initial 
near-homogeneous stress distribution with depth. Gradual relaxation by creep deformation leads to a corresponding amplification of stress 
in an elastic core. (b) Stress amplification due to dyke emplacement for a negatively buoyant magma. Stress amplification leads to a vertical 
extensional stress gradient that allows successive dykes to propagate higher in the crust (c). When the stress required for dyke 
emplacement is less than that for brittle deformation or creep, dyke emplacement will suppress other types of deformation. 

Kusznir (1991) has discussed how the application of a 
constant extensional force on the lithosphere leads to an 
extensional stress that is not constant with depth, but 
which is relaxed instantaneous! y by brittle normal faulting 
in the upper crust, and gradually by ductile flow in the 
lower crust, resulting in an amplification of the stress 
carried by the central, elastic part (Fig. 8.6a). A similar 
mechanism can be envisaged during mafic dyke swarm 
emplacement. Assuming that, at the onset of dyke swarm 
generation, the extensional stress is constant throughout 
the crust, the distribution of dykes will initially be controlled 
by the buoyancy of the magma (Lister and Kerr, 1991; 
Nakashima, 1993). Negatively buoyant magma will lead 
to dykes that have their maximum width in the lower 
crust, and that may not be able to reach high crustal 
levels (Fig. 8.3c), while positively buoyant magma will 
lead to dykes that have their maximum width in the upper 
crust. Thus, in the case of negatively buoyant magma, 
dykes will initially relax the extensional stress in the lower 
part of the crust, leading to amplifica tionof the extensional 
stress in the upper part of the crust (Fig. 8.6b ). In other 
words, a vertical gradient in extensional stress is generated 
that is opposite in sign to the initial gradient in driving 
pressure that was due to the difference between the 
magma and crustal density. This distribution of tectonic 
extensional stress will enable subsequent dykes to 
propagate higher into the crust (Fig. 8.6c). Figure 8.6b 
shows the schema tic distribution of extensional stress 
required for emplacement of the FRT dyke swarms. The 
extensional stress required for progressive 
emplacement of FRT dyke swarms is less than the 
strength of the crust, except at very shallow levels, where 
brittle deformation is expected (Fig. 8.6c). This is 
consistent with the observation in the Vestfold Hills that 
brittle faulting and ductile shear occurred between 
different magmatic episodes, but not during a single 
episode (Passchier et al., 1990, 1991; Hoek et al., 1992 

(Chapter 7); Dirks et al., 1994; cf Parsons and Thompson, 
1991). 

The fact that FRT dyke-segments are not generally 
curved and that microfractures at arrested dyke tips are 
parallel (Chapter 5), suggests that the extensional tectonic 
stress ~cr exceeded the driving pressure, i.e. I ~cr I ~ 
40 MPa (Chapters 4 and 5; cf Olson and Pollard, 1989). 

Constraints from cross-cutting geometries 
The 1245 Ma FRT dykes are often offset at intersections 
with 2.35 Ga and 1754 Ma dykes, while lamprophyric 
dykes of identical orientation sometimes show opposite 
behaviour, widening to a pipe preferentially at such 
intersections. The 1380 Ma FRT dykes do not show 
evidence for either segmentation or widening. Mafic 
dykes, dominated by pyroxene and plagioclase, have a 
greater elastic strength than the quartzofeldspathic 
gneisses of the Vestfold Hills (Birch, 1966; App. A). Thus, 
an applied elastic strain will lead to contrasting states of 
stress in the dyke and the host-rock (Eshelby, 1957). 
Tectonic compressional and extensional stresses applied 
parallel to the dyke will be amplified in the dyke 
(Fig. 8.7a; J.D. Hoek, unpublished data). In addition, 
changes in ambient P and T, due to erosional uplift or 
burial, or to a change in geothermal gradient (Haxby and 
Turcotte, 1976; Bruner, 1984), will also lead to stress 
amplification in a dyke. Using typical elastic and thermal 
expansion data for basaltic and quartzofeldspathic 
rocks (Birch,1966; Skinner, 1966), it can be shown that 
uplift leads to amplified extension parallel to the dyke, 
while burial leads to amplified compression (Fig. 
8.7b; J.D. Hoek, unpublished data). Figure 8.7c shows 
schematically how amplified extension parallel to a pre
existing dyke causes preferential propagation of a later 
dyke along the intersection, because here cr3 is 
smallest and thus~ is greatest. This will lead to an un
segmented cross-cut with a mild, perhaps inconspicuous 
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Fig. 8. 7 Principle of stress amplification in a mafic dyke in granitic host-rock, subjected to differential extension (a) or changes in ambient 
pressure P and T (b), and the effect on the propagation of a later dyke. (c) Preferential propagation in pre-existing dyke. (d) Preferential 
propagation in host-rock and the generation of an offset. 

widening. On the other hand, Figure 8.7d shows 
propagation at an intersection with a pre-existing dyke 
with a relative compression. In this case,~ is smallest at 
the intersection, leading to preferential propagation 
in the host-rock, and thus promoting segmentation 
(§ 3.9; Fig. 3.13). Thepre-existingdykewilleventually be 
cut as an increasingly tensile stress is induced between 
the segment tips on either side (e.g. Nicholson and Pollard, 
1985). It is significant that a tectonic extension, required 

for upward propagation of negatively buoyant magma, 
will always be amplified in a pre-existing dyke at a high
angle cross-cut. Hence, a relative compressive stress in 
such a dyke can only reflect compressive stress 
amplification prior to the application of the tectonic 
extension that gave rise to emplacement of the cross
cutting dyke. This compressive stress amplification, 
in turn, can only be due to an increase in lithostatic 
pressure, associated with burial due to sedimentary, 
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magmatic, or tectonic loading. The cross-cutting 
relationships of 1.4 Ga ultramafic lamprophyric dykes are 
interpreted as the result of the tectonic extension that also 
controlled the orientation of this dyke swarm. Whereas 
the preferential occurrence of the pipes at the intersections 
is due to stress amplification, the presently observed 
shape of the pipes is due mainly to mechanical erosion of 
the host-rock (H.-M. Seitz and J.D. Hoek, unpublished 
data). The emplacement of the 1.4 Ga lamprophyric dykes 
and the 1380 Ma FRT dykes relaxed the amplified stress 
in theE- and NW-trending dykes. The 1245 Ma FRT dykes 
were emplaced in a tectonic stress field that induced 
amplified tension in the 2.4 Ga and 1754 Ma dykes. 
Therefore, the occurrence of frequent segmentation of 
the 1245 Ma dykes at high-angle cross-cuts implies burial 
of the Vestfold Hills Block after emplacement of the 1380 
Ma dyke swarm. 

Emplacement of 2240 Ma norite complex and 
associated dykes 

When an extensional stress in the crust is not renewed, 
the orientation of cr3 will change dramatically, leading 
to either the generation of dykes with a gradually 
more variable orientation, or to the interchange of 
the original cr3 direction with another principal stress 
direction. In the latter case, late dykes would be 
emplaced normal to early dykes of a single magmatic 
event. 

The general geometric features of the 2240 Ma HMT 
dykes are different from all other dykes of the Vestfold 
Hills. The group 2 and 3 zigzag dykes exhibit features 
such as dyke-segment curvature through -60°, and jogs (§ 
3.4) with angles of -90°, that imply either the propagation 
of shear fractures as the result of high deviatoric stress, or 
the propagation of tensile fractures in a stress field with a 
very low deviatoric stress(§ 3.6). If a high deviatoric stress 
were responsible, it would be expected that the bulk 
extension associated with all dykes that were emplaced 
into this stress field was similar. The dominance of two 
perpendicular trends of dykes on Long Peninsula (NE for 
group 2a and NW for group 3), and a dominant N-trend on 
Broad and Mule Peninsula (Fig. 8.1d) therefore suggests a 
low deviatoric stress as the cause of these zigzag dyke 
geometries. An analysis of variations in dyke-segment 
orientation for the group 2a and 3 zigzag dykes implies 
that the difference between cr2 and cr3 was small, while cr1 
was considerably higher. During emplacement of the 
group 2 and 2a dykes cr1 was near-vertical, whereas during 
emplacement of the group 3 dykes cr1 was horizontal, 
trending NW. This suggests the possibility that the 
emplacement of the group 2 and 2a norite and dykes 
occurred prior to emplacement of the group 3 dykes, and 
that the emplacement of group 2 and 2a led to an 
interchange of the principal stresses. Due to the repeated 
injection of positively buoyant magma into the norite 
fracture system, the stress normal to the southern
most, NE-trending norite limb was increased from 
cr3 prior to norite emplacement to cr1 after norite 
emplacement. Group 3 dykes were emplaced into crust 
dominated by this stress system to the south of this norite 

limb. The occurrence of the nori te complex in the northern 
Vestfold Hills and of the N-trending vertical dykes in the 
central and southern Vestfold Hills, both belonging to 
HMT group 2, indicates that they were emplaced from a 
similar magma source, and that the crustal state of stress 
was spatially variable over distances in the order of 10 km. 

The suggested condition of low deviatoric stress 
during emplacement of the 2240 Ma HMT norite complex 
and associated dykes is further supported by the positive 
buoyancy of these magmas (Fig. 8.4). 

8.6 Discussion 

The emplacement of a continental mafic dyke swarm 
reflects a combination of melt generation in the mantle 
and extension in the crust. Magma generation requires 
intersection of the material solidus with the local 
geotherm. In the broadest terms, this can occur through: 
heating; depressing the solidus, e.g. by addition of fluids; 
or vertical movement under near-adiabatic conditions, 
e.g. rapid decompression. Extension in the crust can result 
from buoyant uplift of the lithosphere over anomalously 
hot asthenosphere (active extension mechanism), or by 
plate boundary forces (passive mechanism). Several modes 
of lithosphere extension have been proposed, namely: 
homogeneous extension of lithosphere, involving 
thinning of crust and mantle by similar amounts; 
asymmetric thinning by shear along a detachment; and 
preferential thinning of the mantle lithosphere by 
thermal erosion. In addition, several models of hotspot 
generation by mantle plumes or other mechanisms, such 
as insulation by supercontinents have been proposed (e.g. 
Anderson et al., 1992; Saunders et al., 1992). Most 
permutations of these magma generation and extension 
mechanisms have been put forward as models for 
continental magmatism (e.g. Tamey, 1992, and refs.; 
Saunders et al., 1992, and refs.). The mechanisms that may 
have generated the Paleoproterozoic bimodal dyke swarms 
and the Mesoproterozoic dyke swarms are discussed 
below. 

The petrogenetic and structural data from the dyke 
swarms of the Vestfold Hills are combined in Figure 8.8. It 
should be kept in mind that Figure 8.8 consists of 
interpretations that are each based on specific 
assumptions. The present discussion should, for this 
reason, not be seen as the final synthesis on the 
Proterozoic evolution of the Vestfold Hills. Instead, an 
attempt is made to highlight some apparent trends and 
tectonic associations in order to set the stage for future 
research. 

Paleoproterozoic bimodal magmatism 

The coeval emplacement of FRT and HMT dykes is a 
common aspect of many Paleoproterozoic dyke swarms 
(Tamey, 1992). Geochemical similarities with modem 
bimodal subduction-related magmatism, generating arc 
tholeiites and boninites, suggest a petrogenetic analogy 
(e.g. Redman and Keays, 1985). The implication is that the 
HMT magmas are generated by second-stage melting of 
refractory harzburgitic lithospheric mantle (e.g. Hall and 
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Hughes, 1990). Anumberofprocesseshavebeenproposed 
that lead to melting, including the influx of hydrous 
melts or fluids from a down-going slab of oceanic crust 
(e.g. Sun and Nesbitt, 1978), or heating by a mantle plume 
(Crawford eta!., 1981). The absence of a consistent tectonic 
extensional stress during 2240 Ma HMT dyke 
emplacement implies that these dykes were emplaced 
into lithosphere in relative isostatic equilibrium, and 
hence argues against a rising plume or hotspot origin 
for such bimodal magmatic events. The parallelism of the 
2.4 Ga dykes and the tectonic layering inherited from the 
2.5 Ga tectono-metamorphic event suggests that the 
crustal stress field during dyke swarm emplacement was 
caused by isostatic uplift of over-thickened crust (Fig. 8.8). 
The fact that Paleoproterozoic bimodal magmatism in the 
Vestfold Hills and elsewhere follows a crustal thickening 
event (e.g. Halls and Hughes, 1990) strongly suggests that 
this type of magmatism is associated with active plate 
boundary settings; a further similarity with the boninite 
equivalent. Perhaps the most plausible scenario is one 
proposed by Tarney (1992), involving the sinking 
(delamination or A-subduction, Kroner, 1981) of oceanic 
crust that is initially too thick and hot to be subducted, but 
upon cooling becomes gravitationally unstable. The 
sinking material undergoes pressure-induced 
dehydration, producing the volatiles that enrich the 
uppermost mantle in LILE and LREE, and generate the 
HMT magmas. Uprising asthenospheric material replacing 
the sinking slab undergoes decompression melting and 
produces the FRT magmas (Tamey, 1992). It is suggested 
that, due to the difference in density, HMT magmas 
have a higher capacity of being emplaced as dyke 
swarms, layered intrusions, or extruded as lava flows, 
than do FRT magmas. 

Mesoproterozoic magmatic-extensional episode: 
1.4-1.2 Ga 

The 1380 and 1245 Ma FRT dyke swarms were generated 
by melting of relatively primitive mantle, that had not 
previously experienced a major melting or enrichment 
event (Kuehner, 1986). Thus, the harzburgite mantle, 
sampled by the lamprophyres from a depth range similar 
to that where the FRT magmas were generated (Fig. 8.8; 
H.-M. Seitz and J.D. Hoek, unpublished data), cannot be 
regarded as the source for these magmas. This implies 
that the FRT magmas were generated by upwelling 
and decompression of asthenosphericmantle, associated 
with thinning of the mantle lithosphere. The consistently 
E-directed extension throughout the 1.4-1.2 Ga period in 
the Vestfold Hills suggests that thinning occurred in aN
trending linear region. This is not consistent with the 
concept of a simple disc-shaped mantle plume, but 
implies either thermal erosion of the base of the 
lithosphere by an elongated mantle plume; or mechanical 
thinning due to a low-angle detachment zone, with the 
dyke swarm generated in the hanging wall (cf Fig. 7.5b). 
Although the limited extent of the Vestfold Hills Block 
does not allow us to strictly choose between these 
mechanisms, a choice is suggested by a comparison with 
dyke swarms for which the regional setting is better 

constrained. The Tertiary dyke swarm east of the Red Sea 
was apparently emplaced into the hanging wall of a 
lithospheric detachment, generated in normal thickness 
lithosphere (e .g. Voggenreiter et al. , 1988). The width of 
this swarm is :::; 50 km, and is characterized by a central 
zone of very high density of dykes(> 50%). On the other 
hand, the 1267 Ma Mackenzie dyke swarm in Canada is 
-2400 km long by -1800 km wide, and has a dyke density 
in the range 5-10% (LeCheminant and Heaman, 1989). 
The Mackenzie swarm is simply too extensive to have 
been genera ted in the hanging wall of a detachment zone, 
yet its emplacement requires an extensional stress field 
with a consistent orientation. Without suggesting that the 
Vestfold Hills dyke swarms were emplaced over a similar 
area as the Mackenzie swarm, it is noted that the FRT 
swarms from the Vestfold Hills are structurally and 
geochemically similar to the Mackenzie and several other 
large Mesoproterozoic swarms, but considerably different 
from the Red Sea swarm. It is proposed that the consistent 
extension accommodated by these Mesoproterozoic dyke 
swarms, including the 1380 and 1245 Ma FRT swarms of 
the Vestfold Hills, reflects a linear topography at the base 
of the lithosphere, generated by thermal erosion due to an 
elongated mantle plume around 1.4 Ga. 

The following scenario best explains the observations 
of the 1.4-1.2 Ga magmatic-extensional event of the 
Ves tfold Hills. Around 1.4 Ga, a linear sheet of upwelling 
asthenosphere caused thermal erosion of initially thick, 
cool lithosphere (Fig. 8.8), possibly by convective thinning. 
Brittle, followed by ductile normal faulting preceded 
magmatism, suggesting a period of plume incubation, 
rather than instantaneous magma generation 
(Saunders et al., 1992). Thereplacementoflithosphere by 
upwelling asthenosphere led to the generation of 
lamprophyric magmas by low degrees of melting at 
pressures> 2.6 GPa, followed by more voluminous 
melting (10-20%) at shallower levels (1.0-2.0 GPa), 
generating tholeiitic melts that collected and fractionated 
at the base of the felsic crust to be emplaced as FRT dykes 
(Fig. 8.8). FRT magmatism around 1245 Ma reflects a 
second pulse of asthenosphere upwelling, channelled into 
the existing zone of thinned lithosphere. The perturbation 
of the lithospheric structure of this part of the Proterozoic 
supercontinent during this Mesoproterozoic extensional 
event is likely to have controlled the location of later 
reactivation during the 1.0 and 0.5 Ga high-grade events. 

The succession of normal faulting, lamprophyric 
magmatism, and voluminous tholeiitic magmatism (Fig. 
8.8) is common in many areas of continental basaltic 
magmatism (e.g. Hooper, 1990). For initially thick, cold 
lithosphere the period between the onset oflamprophyric 
and tholeiitic magmatism is 50-100 Ma (Kent et al., 1992). 
Continuous extension throughout this period suggests 
that part of the upper crust of the Vestfold Hills may have 
been removed by erosion over this period (Fig. 8.8). 
Thermal re-equilibration between 1380 and 1245 Ma would 
have led to subsidence, accompanied by sedimentation. 
This is consistent with burial, suggested by 1245 Ma dyke 
segmentation, and with the presence of Mesoproterozoic 
metasediments in Prydz Bay (Sheraton et al., 1984). 
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Table 8.1 Selected whole rock analyses of mafic dykes from the Vestfold Hills. 

sample 70533 
rock type, group HMT 1 

70612 70801 
HMT 1a HMT 2 

70653 71735 
HMT2a HMT 3 

age 2.4 2.4 2240 2240 2240 
Ga Ga Ma Ma Ma 

major elements (wt %) 

Si02 51 .80 54.58 
Ti02 0.60 0.67 
AI203 11.36 13.28 
F0203 11 .60 10.61 
MnO 0 . 19 0.16 
MgO 12.36 7.09 
00 9.28 9.67 
Na2D 1.74 2.25 
K2D 0.59 0.96 
P205 0.10 0.11 
LOI 0.14 0.27 

55.14 55.84 
0.52 0 .39 

11.12 6.81 
12.42 12.67 

0.19 0.19 
11.00 18.77 

7.45 4 .74 
1.71 0.81 
0.96 0.62 
0.09 0.04 

-0.06 -0.12 

52.01 
0.47 

11.89 
10.95 

0.16 
12.34 
8.99 
1.53 
0 .60 
0 .06 
0.79 

71849 71964 71955 71904 71979 
FAT 1 FRT FRT FRT FRT 
2 .4 1754 1380 1380 1245 
Ga Ma Ma Ma Ma 

50.01 49.33 45.15 47.51 49.54 
1.61 2.23 4.13 1.18 1.33 

13.14 12.95 13.14 15.86 14.53 
16.10 15.82 19.07 13.76 12.42 

0.22 0.24 0 .28 0.20 0.20 
5.61 5.80 5 .03 8.27 7.70 
9.82 9.94 8 .82 10.86 11.91 
2.55 2.36 2.46 2.18 1.90 
0.43 0.60 1.02 0 .23 0.35 
0.32 0.24 0.75 0 .12 0.13 

-0.10 -0.39 -0.34 -0.10 0.11 

71922 
FRT 

1245 
Ma 

71865 71869 71768 71911 
AL 
1.4 
Ga 

UML UML AL 
1.4 
Ga 

1.4 
Ga 

49.55 37.87 41.51 
2.15 2.97 3.72 

13.05 4.76 9.10 
15.68 16.25 15.56 

0 .24 0.20 0.20 
5.89 21.88 11.09 

10.15 7.23 8 .72 
2.67 1.20 1.91 
0.59 1.87 2.72 
0.23 0 .62 0.94 

-0.35 5.21 4.22 

1.4 
Ga 

49.37 45 .35 
1.67 3.36 

11.19 10.92 
12.42 13.17 

0.15 0.15 
10.59 8.21 
8.96 7.83 
2.59 2.84 
1.21 3.72 
0.41 1.02 
1.56 3.31 

Total 

MgN 

99.76 99.65 99.42 99 .62 99.79 99.71 97.70 99.51 100.07 100. 12 99 .85 100.06 99.69 99.00 99 .88 

67.8 

trace elements (ppm) 

Ba 
R> 
rob 
Sr 
Zr 
y 

La 
Ce 
r-«J 
Ni 
Cr 
v 
Sc 

liiU.u..;. 

212 
20 

3 
160 

54 
18 

8 
16 
10 

311 
1225 
238 

39 

56.9 

336 
40 

4 
267 

76 
15 
14 
32 
14 
92 

373 
218 

35 

all analyses from Seitz (1991). 
UML: ultramafic lamprophyres; 
AL: alkaline lamprophyres. 

63 . 7 74.6 69.0 

202 131 232 
40 37 17 

5 5 4 
98 50 92 
78 50 75 
14 11 18 
14 8 17 
28 16 29 
12 9 12 

253 1395 389 
836 2104 1363 
215 187 312 

35 28 40 

40.8 

158 
12 

7 
131 
121 

41 
17 
29 
18 
84 

108 
378 

41 

42.1 

166 
27 
12 

148 
172 
52 
16 
37 
24 
61 

145 
428 

50 

34.3 

438 
35 
36 

213 
420 
76 
43 

103 
58 
47 
67 

402 
42 

54.3 

79 

5 
121 
66 
28 

17 
11 

137 
171 
263 

41 

55.1 

127 
14 

8 
158 
90 
30 
10 
22 
14 
88 

378 
306 

51 

42.7 72.7 58.5 62.8 55 .2 

157 662 1280 806 1414 
23 49 78 32 96 
13 63 95 30 77 

149 736 1087 594 1382 
157 289 458 139 552 
48 24 38 31 36 
16 55 94 45 108 
39 124 198 98 242 
23 61 92 46 114 
50 870 397 373 280 

100 1063 330 475 233 
412 199 237 208 184 

53 18 22 21 17 
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Chapter9 

Conclusions 

Using least squares regression analysis, LEFM 
models can be used to estimate the stationary stress 
intensity factor Kstat and the driving pressure 
distribution. Using M = 40 GPa, estimated values for 
the Pe-rich tholeiitic dykes from the Vestfold Hills 
are: Kstat= 164-545 MPa·m112 and the average driving 
pressure .:lP = 40 MPa. 

All analysed tips are characterized by a decrease in 
driving pressure, due to an increase in dyke-normal 
host-rock stress, in the direction of propagation. For hom 
tips the host-rock stress gradient is due to the presence of 
an offset; for apophysis tips this gradient is due to the 
bending of the host-rock bridge; and for frontal tips this 
gradient is due to local perturbations in the stress field 
caused by previously emplaced dykes. 

Stationary process zones at arrested tholeiitic dyke tips 
are characterized by parallel sets of intercrystalline 
fractures, and by intracrystalline or grain boundary 
microfractures. The width of these process zones for the 
1245 Ma and 1380 Ma Pe-rich tholeiitic dykes of the 
Vestfold Hills is 0.09-0.35 m. Arrested frontal and hom 
tips are further characterized by intense irregular 
segmentation, leading to complex three-dimensional 
dyke tip geometries. Fractures in the host-rock and 
bridging structures in the segmented tip both 
contribute to shielding of the dyke tip from the 
con centra ted loading that is characterized by the stationary 
stress intensity factor Kstat. There is no existing single 
analytical model that fully describes the observed process 
zones at arrested dyke tips. 

Deformation adjacent to dyke contacts is essentially 
similar to that at arrested tips, but occurs in a zone of 
much smaller width and is characterized by lower 
intensities of deformation. Using the frontal zone model, 
an estimate for the dynamic stress intensity factor during 
propagation is Koyn = 29 MPa·m 112. The host-rock fracture 
toughness Kc does not form the main resistance to steady 
state propagation, and is not the cause of propagation 
arrest. An estimate for the fracture toughness under 
conditions of dyke emplacement in granitic host-rock is 
Kc = 29 MPa·m112. 

The main resistance to dyke propagation is due to viscous 
flow. A C02- and H20-bearingvapour phase is present at 
the tips of tholeiitic dykes during propagation, whereby 
vapour and host-rock fragments form a fluidized 
mixture. Carbonate aggregates in arrested dyke tips 
may represent bubbles that were formed during 

propagation. The volatiles entered the vapour phase by a 
combination of exsolution from the magma and 
assimilation from the host-rock. 

Dyke propagation arrest occurs when the bulk flow of 
magma into the tip is blocked by solidification. Residual 
magma continues to flow between the crystals to the low
pressure region at the tip. This leads to: [1] pressurization 
and inflation of the tip; [2] an increase of the stress 
intensity factor from l<oyn to Kstat; [3] an increase in size 
and intensity of the stationary process zone; [4] 
segmentation of the arrested dyke tip; and [5] chemical 
differentiation due to crystal-liquid fractionation 
between the central and frontal regions of the arrested 
tips. 

After propagation arrest, a zone of solidified magma in 
contact with the breccia phase is invaded and chemically 
altered by hydrothermal fluids, derived from the breccia 
phase. Locally, these fluids intrude into the solidified 
magma as tensional veins as a result of contraction 
associated with solidification and cooling. Hydrothermal 
alteration leads to: [1] the removal of opaque grains from 
the crystallized magma; [2] the crystallization of an 
ilmenite selvage at the contacts of the breccia phase and 
along the veins that emanate from it; [3] the 
crystallization of Fe-oxide and various sulphides within 
the breccia phase; and [4] the disappearance of amphibole 
from, and the crystallization of biotite in, the solidified 
magma. The hydrothermal fluid was mainly formed by 
C02 and perhaps H20, and the main elements that were 
mobile in the hydrothermal fluids include Fe, K, Ti, S, Ca, 
Ni, Co, and Cu. 

A simple model for propagation arrest due to 
solidification leads to an estimate for the critical 
propagation velocity Vc. For a typical Pe-rich tholeiitic 
dyke from the Vestfold Hills, an estimated minimum 
bound on the critical propagation velocity is -1 mm/s, 
which is too high for non-brittle deformation 
mechanisms to play a role during dyke-fracture 
propagation. 

Dyke propagation arrest occurs in regions of high dyke
normal host-rock stress. Since the stress field in a parallel 
dyke swarm is strongly inhomogeneous, the in-plane 
geometry of an individual dyke in a swarm is likely to be 
complex. In general, for parallel dyke swarms, the 
constant orientation of individual dykes indicates 
that an extensional tectonic stress is continuously 
renewed during the emplacement of a dyke swarm. The 
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Fe-rich tholeiitic dyke swarms in the Vestfold Hills are 
characterized by the parallelism of horns at offsets and of 
fractures in stationary process zones, suggesting that the 
extensional tectonic stress exceeded the driving pressure. 
This is consistent with the fact that Fe-rich tholeiitic 
magmas were negatively buoyant in the Vestfold Hills 
crust. In contrast, high-Mg tholeiitic magmas were 
positively buoyant, which is consistent with their 
occurrence as several types of zigzag dykes, indicating a 
relatively low tectonic stress. 

Mafic dyke swarms can be used to constrain the regional 
extensional stress field during emplacement, and cross
cut geometries can be used to constrain the P-T-path. 

A possible scenario for the formation of parallel Fe-rich 
tholeiitic mafic dyke swarms in continental crust involves 
the rise of a elongated vertical sheet of hot asthenoshpere. 
Pe-rich tholeiitic and minor lamprophyric magmas are 

generated by decompression melting. The extensional 
stress that is required for the emplacement of relatively 
dense magmas into the continental crust is generated by 
the linear belt of uplift over the upwelling elongated 
mantle plume. 

High-Mg tholeiitic dyke swarms probably did not 
form as a result of a risingmantleplumeorsheet, but may 
instead have formed at active plate boundaries. 

In the Vestfold Hills, a period from- 1.4 Ga to- 1.2 
Ga was characterized by E-W directed extension. 
The geochemical and structural similarity between 
Fe-rich tholeiitic dyke swarms that were emplaced at 
1380 and 1245 Ma suggests that the orientation of 
crustal stress as a response to mantle plume 
impingement may be controlled by the structure of 
the lithospheric that is in turn inherited from previous 
tectono-magmatic events. 
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List of symbols 

symbol meaning 

a 

a 

b 

~ 
c 

c 

X 
D 

d 

~ 

E 

F 

f 

g 

r 
'Y 
H 

ll 
J 

subscript: meaning 

half length of a host-rock bridge 

linear coefficient of thermal expansion 

half width of a host-rock bridge 

inclination of dyke periphery 

specific heat 
h: host-rock 
m: magma 

constants (LSR analysis) 
u: uniform 
1: linear 
s: symmetric 
p: parabolic 

cr1 at cr3 = 0 (Coulomb failure criterion) 

cr1/cr3 (Coulomb failure criterion) 

heat equation parameters 

lenght of process zone (frontal zone model) 

dyke dilation 

residual (LSR analysis) 

(magma) driving pressure 
s: in source region 
t: at dyke tip 
L/2: at a distance s = L/2 from a dyke tip 
L: at a distances = L from a dyke tip 
max: maximum for a dyke 

(extensional) tectonic stress 

half-width of process zone (frontal zone model) 
c: critical 
dyn: dynamic 
stat: stationary 

Young's modulus 

tensor components of strain 

tensor components of strain rate 

equivalent strain rate 

load applied in fracture propagation experiments 

outer bounding surface of frontal zone 

tensor components of geometrical distribution of near-tip LEFM stress 

(mode 1) strain energy release rate 

(mode 1) critical strain energy release rate 

acceleration of gravity 

apparent surface energy 

surface energy 

latent heat of crystallization 

(dynamic) viscosity 
activation energy 

number of constants in LSR models 

angle of internal friction (Coulomb failure criterion) 

1 [-) denotes dimensionless. 

dimension 1 

[m] 

roc-1] 

[m] 

[rad] 

U. kg-1. oc-1] 

[Pa] 

[-] 

[-] 

[m] 

[m] 

[m] 

[Pa] 

[Pa] 

[m] 

[Pa] 

[-] 

[s-1] 

[s-1] 

[N] 

[-] 

U · m-1] 

U · m-1] 

[m.s-2] 

U · m-1] 

U ·m-1] 

u. kg-1] 

[Pa · s] 

Ul 

[rad] 
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symbol meaning 

K 

K 

L 

l" 

m 

J.l 

N 

n 

v 
p 

P" 

Q 
e 
e 
el,2,3 

R 

R 

Re 

RSS 

r 

r 

s 
SDR 

subscript: meaning 

elastic modulus of compressibility (bulk modulus) 
v =Voight aggregate estimate 
r = Reuss aggregate estimate 
h = Hill aggregate estimate 

(mode 1) stress intensity factor 
stat: stationary 
dyn: dynamic 
t: tip of cohesion zone 
v: vapour phase 

(mode 1) closing stress intensity factor 

(mode 1) fracture toughness 

thermal diffusivity 
h: host-rock 
m : magma 

dyke length in cross section 

length of cohesion zone 

length of vacuum or vapour-filled fracture ahead of magma 

heat equation parameter 

elastic stiffness 
h: Hill aggregate estimate 
r: Reuss aggregate estimate 
v : Voight aggregate estimate 

thickness of solidified margin 

elastic shear modulus 

amount of data in thickness profile data set (LSR analysis) 

power (power-law flow law) 

Poisson's ratio 

pressure 
c: confining 
f: pore fluia 
L: lithostatic 
m : magma 
s: in magma source region 
v : vapour phase 

closing pressure (cohesive zone, vapour phase) 

magma flux (2-dimensional channel) 

angular parameter (global LEFM stress field) 

angular polar coordinate (near tip reference frame) 

angular polar coordinates (global reference frame) 

gas constant (power-law flow law) 

range of data used in LSR analysis 

Reynolds number 

residual sum of squares (LSR analysis) 

radial polar coordinate (near-tip reference frame) 
c: critical 

radius of curvature of host-rock bridge 

radial polar coordinates (global reference frame) 

density 
h: host-rock 
m:magma 

cross-section of dyke in dynamic model 

standard deviation of residuals (LSR analysis) 

dimension 

[Pal 

[Pa · m 112l 
[Pa · m 112l 
[m2. s·ll 

[ml 

[ml 

[ml 

[-l 
[Pal 

[ml 

[Pal 

[-l 

[-l 
[-l 
[Pal 

[Pal 

[m2 . s·ll 

[radl 

[radl 

[radl 

U ·mole·1 · K-1l 

[ml 

[-l 
[m2l 

[ml 

[ml 

[ml 
[kg · m-31 



List of symbols 

symbol meaning 

SEE 

s 

cr1,2,3 

crl *,3* 

n 
w 
w 

xl,2,3 

xl,2,3 

y 

"' s 
Ss 
Vr 
Vr 

m 

subscript: meaning 

standard estimate of error (LSR analysis) 

distance from dyke-tip in field exposure 
i: ith measurement in a data set (LSR analysis) 

principal stress (crl ~ cr2 ~ cr3) 

principal stress in X1,X2-plane (crl * ~ cr3*) 

plastic flow stress 

mean normal stress in Xl'X2-plane 

normal stress on shear fracture 

tensor components denoting state of stress after dilation 

tensor components of bending (or fiber) stress 

tensor components of elastic (LEFM) stress 

tensor components denoting initial state of stress 

tensor components of thermo-elastic stress 

tensile strength 

yield strength (magma) 

temperature 
ci: contact initial 
m : magma 
hi: host-rock initial 
I: liquidus 
s: solidus 

dyke thickness in field exposure 
mean: mean value from N measurements in a data set(LSR analysis) 

shear strength at zero normal stress (Coulomb failure criterion) 

maximum shear stress in X1,X2-plane 

shear stress on shear fracture 

energy 
d: dissipated non-elastic strain energ; 
e: potential strain energy 
s: fracture surface energy 

components of displacement 

mean magma flow velocity 

propagation velocity 
c: critical 

tip shape parameter (from field exposure) 

work 

width of non-solidified channel in dyke 

orthogonal coordinate axes 

orthogonal coordinates 

distance from the neutral surface in a host-rock bridge 

angle between X1-axis and crl * 

time 

solidification time 

magma pressure gradient 

driving pressure gradient 
t: at dyke tip 
1: linear 
s : bi-linear symmetric 

dimension 
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Ul 
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[Pa · m·1] 

[Pa · m·1] 

129 



130 

Appendix A 

Mechanical parameters 

Elastic parameters 

The aggregate elastic properties of polycrystalline 
media such as rocks can be estimated from the single
crystal constituents as a theoretical upper bound, the 
Reuss estimate, based on averaged strain; a theoretical 
lower bound, the Voight estimate, based on average 
stress; and the arithmetic average of the upper and 
lower bounds, the Hill estimate. The aggregate estimates 
are calculated from single-crystal mineral values (e .g. 
Watt et al., 1976): 

Kr=L(viK) CA.1a); 

J.lr= I,(viJ.Li) (A.1b); 

1 
K v = I,Cv IK ) (A.2a); 

1 1 

1 
J.lv= 

I,(v i /J.L i) (A.2b); 

K = 
K r + K v 

(A.3a); 
h 2 

J.lr + J.lv 
(A.3b), J.L = h 2 

where vi, Ki and J.li are the volume fraction, single-crystal 
volume compressibility, and single-crystal shear 
modulus, respectively, of an isotropic mineral component, 
and subscripts r, v, and h denote Reuss, Voight, and Hill 
aggregate estimates , respectively . In order to 

calculate the estimates for a polycrystalline aggregate 
consisting of anisotropic minerals, the Voight and Reuss 
estimates for the single-crystal isotropic values may be 
used (e.g. Sumino and Anderson, 1984). 
Poisson's ratio v can be expressed as a function of Kand J.L: 

(3K - 2J.L) 
V= ..,..,.,.,.,,...--.,-

2(3K + J.L) 

and the stiffness M is: 

J.L 
M=--

(1- v) 

2J.L(3K + J.L) 
= 

(3K +4J.L) 

(A.4), 

(A.S). 

The single-crystal data used to calculate aggregate 
stiffness in Chapters 4 and 5 are listed in Table A.l . Modal 
mineralogies for samples of host-rock adjacent to dykes 
discussed in Chapters 4, 5, and 6 are listed in Table A.2, 
together with the Hill aggregate stiffness estimates 
Mh for these samples, calculated for P = 0.5 GPa and T = 
200°C. Also listed are modal mineralogies of five 
rock-types for which the experimental whole-rock 
elastic properties are available in the literature 
(Simmons and Brace, 1965) . Figure 2.7 shows a 
comparison, for these rock-types, between calculated 
aggregate stiffness CMr, Mv, and Mh) , and the 
experimentally determined stiffness as a function of 
confining pressure for these rock types. Table A.2 
also lists the aggregate stiffness estimates Mr, Mw and 
Mh, calculated for P = 0.5 GPa and T = 200°C. 
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Table A.1 Single-crystal density and elastic parameters. 

pare meter p 

(kg/m 3) 

K, 

(GPa) 

K., 
(GPa) 

(dK,idT)p (dKvidT)p (dK,/dP)r (dKvidP)r 

(MPaf•C) (MPat•C) (GPa) 

~ 

(GPa) 

{d~,/dT)p (d~vidT)p (d~ 1/dP)r (d~vidP)r 

(MPaf• C) (MPat•C) 

mineral 

a-Quanz 
~-Quartz 

Albite' 
Anorthite1 

K·feldspar (Or 66.6) 
Orthopyroxene (En 80) 
Clinopyroxene (Augite) 
Olivine (Fayalite) 
Olivine (Forsterite) 
Biotite 
Hornblende 
Gamet (Py 60) 
Calcite 
Magnetite 

liJUu; 

2650 37.22 
2533 68 .40 
2620 49 .80 
2760 83 .90 
2540 42 .50 
3354 99 .50 
3320 90 .20 
4397 134.32 
3214 125.82 
3050 41.20 
3120 84.20 
3726 167.26 
2712 73 . 10 
5200 178.24 

37 .76 
68 .44 
58 .80 
87.50 
53.50 
102.02 
101 . 10 
138.82 
130.08 
59 .70 
90 . 10 
167.26 
78.72 
178.24 

-4 .3 
41.5 

-34.0 

· 25 .8 
-22.7 

· 23 .2 
-25.5 
-31.2 

·4 .3 
41 .1 

-35.8 

-25 .8 
-23.1 

-23.2 
-33 .5 
· 31.2 

6 .30 

9.38 

4.82 

4.76 
5.42 

6.50 

9 .52 

4.98 

4.76 
5.44 

1 Plagioclase end-member elastic data are extrapolated from data for plagioclases with 9, 24, 29, 53, 
and 56 %An, compiled in Simmons and Wang (1973, p. 31 1). 

2 Data for minerals with pressure- or temperature derivatives are from a compilation by Sumino and 
Ande..on (1984), other data are from a compilation by Simmons and Wang (1973). 

41 .09 
40.49 
26 .00 
36 .20 
19.90 
73.90 
55 .90 
48 .70 
80 .09 
12.40 
41 .40 
92.18 
26.61 
46.00 

47 .81 
41 . 17 
30 .30 
42 .00 
27.40 
75 .50 
60.00 
53 . 10 
83 . 19 
42 .40 
44 .90 
92.18 
36.87 
46 .20 

Table A.2 Modal compositions and aggregate stiffness estimates for rock-types 
from the literature and for the Vestfold Hills. 

1.6 
9 .8 

-11 .9 

75 .0 
-13 .5 

·8 .7 
-7.6 
12.7 

- 0 .6 
9 .2 

·11.9 

111 .0 
· 13 . 1 

·8.7 
-11 .8 

12.1 

0 .51 

2 .33 

1.84 

1.47 
·1.96 

Rock-types from literature' Vestfold Hills: host-rock aemples of dyke tips discussed in text 

rock-type Stone Mt. 
granite 

Westerly 
granite 

Rutland 
quartzite 

Frederick Oak Hall host· rock host·rock host· rock host·rock host·rock host· rock host-rock 
diabase limestone tip A' tip A' tip B4 tip C' tip D' tip P tip G' 

mlner•lo 
Quartz 
Plagioclase1., .._1 
K-feldspar 
Orthopyroxene 
Clinopyroxene 
Olivine 
Biotite 
Hornblende 
Gamet 
Calcite 

~ 

Sllffneaa (GPa)'o 

Mv (Voight) 
"\, (Hill) 
M, (Reuss) 

liJUu; 

30 
42(10) 

24 

45.7 
39 .7 
33.6 

27.5 
31 .4(17) 

35.4 

4 

46.1 
40.5 
34.9 

Modal analyses reported by Brace (19658, b). 
From sample within process zone of tip A. 

91 

9 

50.0 
46 .5 
42.9 

49 

67 . 1 
61.3 
55.4 

From sample adjacent to dyke 0120D, at s = 4 m south of tip A. 
From sample within process zone of tip B. 
From sample of host-rock bridge. 
From sample within process zone of tip D. 
From sample within process zone of tip F. 
From sample within process zone of tip G. 
Estimated average host-rock composition for Vestfold Hills gneiss, 

99 

52 .9 
46 .8 
40 .5 

57 
29(30) 

2 
4 

4 

3 

55.1 
49.9 
44.7 

using reported modal analyses by Black el a/. (1991b) and J .D Hoek (unpubliahed data). 
1 o Calculated for P ~ 0.2 GPa and T • 200"C. 

TABLE A.3 Failure parameters for several rock-types. 

rock-type 

sandstone 
limestone 
marble 
granite 
aplite 
dunite 
eclogite 
gabbro 

KAla;. 

tensile 
failure 

o, 
(MPa) 

· 9 
·50 

. 8 
· 20 
·60 

c, 
(MPa) 

57 
36 
40 

270 
580 

shear 
failure 

0 .21 
0 .21 
0 .20 
0 .09 
0 .15 
0 .09 
0. 13 
0 .18 

Data from Aahby and Sammis (1990, Fogs. 11 to 20). 

damage 
initiation 

c, 
(MPa) 

40 
210 

25 
80 

260 

0.33 
0 .34 
0 .31 
0 .31 
0 .31 
0.32 
0.32 
0 .34 

41 
41(30) 

17 

51 .6 
43 .4 

35.0 

29 
26(34) 

3 
22 

15 

4 

62 .3 
51 .2 
39 .9 

4 

55.3 
47.8 
40.3 

43 
45(38) 

1 

9 

2 

52.1 
45.3 
38.4 

34 
32(34) 

32 

2 

47.2 
41 .5 
35 .7 

3 

3 
3 

56 .2 
50.0 
43.8 

0 .31 

2.39 

1.78 

1.47 
· 1.04 

average 
gneiss' 

12.6 
74(40) 

5 .2 
2 

3.8 
1.4 

1.0 

53.7 
47 .7 
41.6 
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Thermo-elastic deformation adjacent to dykes 

During dyke emplacement, the temperature of a small 
zone of host-rock adjacent to a dyke is increased by 
several hundred degrees (§ 2.5.1), leading to significant 
thermo-elastic stresses and potentially significant strains. 

The solidification time ~s and the temperature 
distribution T hl(x1) in thehost-rockareillustrated in Figures 
2.31 and 2.32, respectively, for the case of instantaneous 
emplacement. Magma flow through a dyke will lead to 
higher host-rock temperatures at the contact, a wider 
zone of heated host-rock, and prolong the time to 
complete solidification (e.g. Bruce and Huppert, 1990; 
Carrigan et al., 1992; Smith et al., 1991). 

The deformation of a volume of rock subject to a 
change in temperature is dependent on the extent to 
which the volume is confined by its surroundings. When 
a rock is completely confined in a given direction, the 
strain in that direction is zero and heating leads to an 
increase in stress. A complete lack of confinement in a 
given direction is associated with a zero change in stress 
and an increment of extensional strain (e.g. 
Timoshenko and Goodier, 1951, p. 421; Turcotte and 
Schubert, 1982, p. 179). 

The thermo-elastic deformation in the host-rock 
adjacent to a dyke can be approximated by assuming 
complete confinement in the directions parallel to the 
contact, i.e. Et22 = Et33 = 0 (superscript t denotes thermo
elastic deformation), and a complete lack of confinement 
in the direction normal to the dyke, because in the latter 
direction the stress remains equal to the magma pressure 
P m· The effects of thermo-elastic deformation are thus: [1] 
an increase in compressive stress parallel to the dyke; [2] 
an increase in differential stress; and [3] an effective 
constriction of the dyke . Using the standard 
equations for thermo-elastic deformation (e.g. Mase, 
1970), the strain normal to the dyke is (Delaney eta/., 1986): 

t (1 + v) 
E 11 = - (1 _ V) a [T ( x 1) - T hi ] 

(B.1), 
and the thermal stress parallel to the contact is 
(Delaney et al., 1986): 

cr~=cr~3 = (l:v) a [T(x 1)-Thi] 
(B.2), 

where E is Young's modulus, a is the linear coefficient of 
thermal expansion, and (T(x1) - T hl) is the change in 
temperature at a distance x1 from the contact. Figure B.1 
shows the dyke-parallel stress crt22 and the dyke-normal 
strain Et11 as a function of the normalized distance from 

the contact, xifD. Because the dyke-normal stress is 
equal to P m' the thermo-elastic deviatoric stress at the 
contact is up to 500 MPa (5 kbar). The dyke normal strain 
is relatively low(::> 1 %). 

The total constriction Dt- is found by integrating the 
dyke-normal strain for a column of rock normal to the 
dyke: 

t- t 
D = f £

11 
dx 

1 (B.3), 
with E\1 evaluated for the time when solidification has 
just reached the centre of the dyke. Numerical modelling 
(J.D. Hoek, unpublished data) indicates that, for all 
crustal types of rock, thermo-elastic constriction is in the 
order of 1% of the initial dyke thickness in the case 
instantaneous emplacement. It is well known that 
prolonged magma flow can lead to significantly wider 
zones of heated host-rock and to higher contact 
temperatures (e .g . Delaney, 1987; Bruce and Huppert, 
1990; Carrigan eta/., 1992;Smithetal., 1991). The effect of 
heating due to magma flow affects all dykes, but 
especially those that act as feeder channels for surface 
eruptions. In theory, if magma flow is sustained long 
enough, thermo-elastic deformation may induce 
significant constriction of the dyke. 

600 ..0.01 

... ..,.. 
500 

-0.008 

a' ..0.007 22 

""" (MPa) -<>.006 £~1 
300 ·0.005 ...... 
200 -<>.003 

..0.002 
t OO 

.(1,001 

0 
5 10 

x,ID 

Fig. 8.1 
Thermo-elastic stress and strain in the host-rock adjacent to a dyke 
as a function of normalized distance to the contact (x1/D) for initial 
host-rock temperatures T hi ranging from 0-6oo•c with 1 oo• intervals. 
Curves are calculated using (8.1) and (8.2), on the basis of the 
temperature distribution of Figure 2.32. Mechanical and thermal 
parameters are those for granite, with an expression for thermal 
expansion a(T) derived by fitting a third-order polynomial expression 
to data of experimental expansion at P = 0.6 GPa (Kern, 1978, Fig 
6), and using!!= 30.2 GPa and v = 0.25 (Hill average for Westerly 
granite, calculated from data listed in App. A, Tables A.1 and A.2). 
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Creep adjacent to dykes 

The important crystal-plastic deformation processes in 
rock are thermally activated and time-dependent, and 
give rise to creep (e.g. Barber, 1990). A commonly assumed 
creep flow law is the power law: 

£=A J~n crn 
f (C.1), 

where E is the equivalent strain rate, A and n are 
constants, J is an activation energy, R is the gas constant, 
Tis temperature in Kelvin, and Of iS the (equivalent) flow 
stress. The equivalent strain rate and flow stress can be 
expressed in terms of principal components of strain rate 
and stress, respectively (e.g. Hallam and Ashby, 1990, pp. 
99-101): 

9 . 2 (. . 2 )2 ( . . ) 2 (. . )2 r = £1- E + £1- £3 + £2- €3 
(C.2); 

2 2 2 2 
2crf=(cr1-cr2) +(cr1-cr3) +(cr2-cr3) 

(C.3). 
Equivalent strain rate and flow stress are independent of 
the volumetric strain rate and the hydrostatic part of the 
stress field, respectively. Creep leads to a relaxation of the 
existing deviatoric stress field. 

The combined result of enhanced temperature and 
thermo-elastic stress in the transiently heated region 
adjacent to the dyke can potentially lead to significant 
creep during dyke emplacement. Two separate problems 
can be identified: [1] what is the effect of creep if it 
occurs; and [2] under which conditions does it occur. 

The potential effect of creep may be envisaged by 
assuming that full plastic flow occurs in a zone of limited 
width adjacent to the dyke, where it completely relaxes 
the deviatoric stress. Due to lack of confinement in the 
direction normal to the dyke (see App. B), the final state of 
stress in a thin, fully plastic zone would be a hydrostatic 
pressure equal to the magma pressure. This suggests that 
creep tends to convert thermo-elastic stress parallel to the 
dyke in permanent strain normal to the dyke, leading to 
an increment of constriction of the dyke, and that the 
maximum strains associated with creep are small, in the 
order of several percent. The contribution of the LEFM 
stress field (2.6) to the total deviatoric stress at the 
contact is negligible for realistic values of L\P and ~cr (cf 
Figs. 2.10 and B.1). 

The conditions under which creep will accommodate 
a significant part of the deviatoric stress adjacent to 
a dyke depends on the rock type, the local 
temperature and flow stress, and the duration for 
which these conditions persist (Figs. 2.31, 2.32, and B.1). 

In Figure C.1, empirical flow laws are plotted for a variety 
of rock types as a function of temperature and strain rate 
and for a flow stress of 100 MPa, using data from Wilks 
and Carter (1990) and from a compilation by Carter and 
Tsenn (1987). As an example, a dyke of 20 m thick, 
emplaced in host-rock with T hi= 400°C takes~ 109 s to 
solidify, implying that a creep strain rate ~ 10-11 may 
relax a significant part of the thermo-elastic stress. 
Figure C.1 ill us tra tes that such strain rates can be expected 
for most rock types at temperatures~ 600°C and at a flow 
stress ~ 100 MPa. This suggests that (partial) plastic 
relaxation of thermo-elastic stress adjacent to dykes due to 
creep is possible: [1] for relatively thick dykes; [2] for 
dykes which have acted as channels for magma flow; 
or [3] for emplacement into host-rock such as marble that 
is susceptible to creep at relatively low temperature. 

T("C) 

Fig. C.1 Compilation of experimentally derived flow laws for upper 
and lower crustal rock types, extrapolated for a flow stress Of= 1 00 
MPa assuming power-law creep behaviour using experimental data 
from Wilks and Carter (1990, Fig. 6) and from a compilation by 
Carter and Tsenn (1987, Table 4). The following list gives rock type 
and experimental conditions (weVdry, confining pressure, and 
temperature range). 1: Yule marble (dry, 0.5 GPa, 500-800°C); 2: 
Carrara marble (dry, regime 2, 0.3 GPa, 700-1000 °C}; 3: Solenhofen 
limestone (dry, regime 3, 0.3 GPa, 600-900 °C); 4: Simpson 
quartzite, (dry, 1.1 GPa, 800-900 °C); 5: Quadrant quartzite (wet, 
1.0 GPa, 660-760 °C); 6: Hale albite rock(dry , 1.5 GPa, 725-1100 
°C); 7: orthopyroxenite (dry, 0.5-2.0 GPa, 840-1100 °C); 8: 
orthopyroxenite (wet, 1.0 GPa, 950-1300 °C); 9: clinopyroxenite 
(dry, 1.5 GPa, 800-1100 °C); 10: clinopyroxenite (wet, 0.36 GPa, 
990-1271 °C); 11: Westerly granite (dry, 1.0 GPa, 640-770 °C}; 12: 
Westerly granite (wet, 1.0 GPa, 546-760 °C); 13: quartz diorite(wet, 
1.0 GPa, 758-956 °C); 14: Airondack granulite (dry, 0.8-1.0 GPa, 
600-900 °C); 15: Pikwitonei granulite (dry, 0.8-1 .0 GPa, 600-900 
°C); 16: Maryland diabase(dry, 0.45 GPa, 900-1 000°C}; 17: Stillwell 
microgabbro (dry, 0.8-1.0 GPa, 600-900 °C); 18; websterite (dry, 
1.0 GPa, 1000-1200 •c) . See also Carter and Tsenn (1987) for 
references to the original work. 
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